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Preface
All information about the Earth’s interior comes from field
observations and measurements made within the top few
kilometers of the surface, from laboratory experiments
and from the powers of human deduction, relying on com-
plex numerical modeling. Solid Earth Geophysics encom-
passes all these endeavors and aspires to define and
quantify the internal structure and processes of the Earth
in terms of the principles of physics, corresponding mathe-
matical formulations and computational procedures. The
role of Solid Earth Geophysics has gained prominence with
increasing recognition of the fact that knowledge and
understanding of Earth processes are central to the contin-
ued well being of the global community. Apart from persis-
tent search for natural resources, this research line is linked
to basic investigations regarding the mutual relationships
between climate and tectonics and on the effects of global
change in terms of a wide spectrum of natural hazards.
Consequently, the pursuit of this science has seen spectacu-
lar progress all over the world in recent decades, both in
fundamental and applied aspects, necessarily aided by
advancements in allied fields of science and technology.

The Encyclopedia of Solid Earth Geophysics, aims to
serve as a comprehensive compendium of information
on important topics of Solid Earth Geophysics and pro-
vide a systematic and up-to-date coverage of its important
aspects including primary concepts as well as key topics
of interest. It, however, does not claim to chronicle each
and every niche area that in reality is a part of this multi-
disciplinary and multi-faceted science. Neither does it
attempt to describe the basic physics of matter and energy
systems, which comprise the underlying tenets of geo-
physical research. The first edition of this Encyclopedia,
edited by Prof. David James, was published in 1989 by
the Van Nostrand Reinhold publishing company. The
extraordinary growth and diversification of this science
over the last twenty years called for a complete revision.
This is realized by identifying the necessary topics and
bringing together over 200 articles covering established
and new concepts of Geophysics across the sub-disciplines
such as Gravity, Geodesy, Geoelectricity, Geomagnetism,
Seismology, Seismics, Deep Earth Interior and Processes,
Plate Tectonics, Geothermics, Computational Methods,
etc. in a consistent format. Exceptional Exploration
Geophysics and Geotechnical Engineering topics are
included for the sake of completeness. Topics pertaining
to near Earth environs, other than the classical ‘Solid
Earth’, are not within the scope of this volume as it is felt
that the growth of knowledge in these fields justify
a dedicated volume to cover them.

Articles written by leading experts intend to provide
a holistic treatment of Solid Earth Geophysics and guide
researchers to more detailed sources of knowledge should
they require them. As basic understanding and application
of Solid Earth Geophysics is essential for professionals
of many allied disciplines such as Civil Engineering;
Environmental Sciences;Mining, Exploration and software
industries; NGOs working on large scale social agenda;
etc., it would be useful to them to have access to a ready
and up-to-date source of knowledge on key topics of Solid
Earth Geophysics. Hopefully, this Encyclopedia would
prove to be an authoritative and current reference source
with extraordinary width of scope, drawing its unique
strength from the expert contributions of editors and
authors across the globe.

I am grateful to Anny Cazenave, Kusumita Arora,
Bob Engdahl, Seiya Uyeda, Rainer Kind, Ajay Manglik,
Kalachand Sain and Sukanta Roy, members of the
Editorial Board for their constant advice and guidance in
developing the framework of this Encyclopedia and help
with the editorial work. I am equally grateful to all the
authors who readily agreed to contribute and honoured
the guidelines and time schedule.
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A

ABSOLUTE AGE DETERMINATIONS: RADIOMETRIC

Richard W. Carlson
Department of Terrestrial Magnetism, Carnegie Institution
of Washington, Washington, DC, USA

Definition
Radiometric dating uses the decay of naturally occurring
radioactive elements to determine the absolute age of geo-
logic events.
Introduction
Time is an essential datum in geology. Some geological
processes, particularly those responsible for generating
natural hazards, occur over time intervals that can be mea-
sured with conventional clocks. Most geologic processes,
however, occur on timescales beyond human experience –
thousands, millions, and even billions of years (see
Continental Drift; Continental Rifts; Geodynamics;
Lithosphere, Continental; Paleomagnetism, Magnetostra-
tigraphy; Paleoseismology; Plate Tectonics, Precam-
brian). For these, the chronometer of choice is
radiometric dating, where the decay of naturally occurring
radioactive elements is translated into time (Dickin, 2005;
Faure and Mensing, 2005). In its application to
geochronology, the most important aspect of radioactive
decay is that it occurs at a known, constant rate, indepen-
dent of environmental factors such as changing tempera-
ture and pressure, at least within the ranges of these
parameters found outside the interior of stars.

Only 10 years after the discovery of radioactivity,
the renowned physicist Ernest Rutherford measured the
amount of helium in a uranium ore and derived an age
of 500 million years for the ore (Rutherford, 1906).
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
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By 1913, radioactive dating of rocks had made important
inroads into geologic investigations of Earth history
(Holmes, 1913). The discovery of isotopes, also in 1913,
and the improvement of the instruments used to measure
their abundance (mass spectrometers) over the next
decades, allowed radioactive dating to be applied to an
increasingly broad range of natural materials, and hence,
geologic processes. This, in turn, facilitated the transition
of isotopic measurements from physics to geology depart-
ments and established radiometric geochronology as a tool
of widespread use in the geosciences in the years follow-
ing World War II.

Radioactivity and the systematics of its use as
a chronometer
Radiometric dating is based on the principle of nuclear
transmutation, common to alchemy. Some elements have
isotopes whose nuclei contain an unstable number of neu-
trons and protons. The instability is most often remedied
by the ejection of material from the nucleus. Alpha decay
involves the ejection of two protons and two neutrons
(a 4-helium (4He) nucleus or alpha particle). Beta decay
occurs through loss of an electron from the nucleus, turn-
ing a neutron into a proton. Another form of radioactive
decay involves the capture of an electron from those sur-
rounding the nucleus, turning a proton into a neutron.
All forms of radioactive decay also release energy, and
are thus a heat source in Earth’s interior (see Radiogenic
Heat Production of Rocks; Energy Budget of the Earth).
The result of radioactive decay is that an isotope of one
element is transformed into an isotope of another element.
While the path from lead to gold does not occur naturally,
if one waits long enough, radioactive decay will eventu-
ally transform all uranium and thorium into lead.

Table 1 lists the major radioactive nuclides that have
been used for dating various geologic events. Naturally
90-481-8702-7,



Absolute Age Determinations: Radiometric, Table 1 Radioactive elements commonly used for absolute age determinations

Parent isotope Production mechanism Daughter isotope Half-Life (Million years)

7-Berylium (7Be) Cosmogenic 7-Lithium (7Li) 53 days
210-Lead (210Pb) Uranium decay 210-Bismuth (210Bi) 22.3 years
226-Radium (226Ra) Uranium decay 222-Radon (222Rn), 4He 1,622 years
14-Carbon (14C) Cosmogenic, Bomb 14-Nitrogen (14 N) 5,730 years
231-Protactinium (231 Pa) Uranium Decay 227-Thorium (227Th), 4He 0.033
234-Uranium (234U) Uranium Decay 230-Thorium (230Th), 4He 0.25
36-Chlorine (36Cl) Cosmogenic, Bomb 36-Argon (36Ar) 0.31
26-Aluminum (26Al) Cosmogenic, Stellar 26-Magnesium (26Mg) 0.73
230-Thorium (230Th) Uranium Decay 226-Radium (226Ra), 4He 0.75
60-Iron (60Fe) Stellar 60-Nickel (60Ni) 1.5
10-Berylium (10Be) Cosmogenic, Stellar 10-Boron (10B) 1.6
53-Manganese (53Mn) Cosmogenic, Stellar 53-Chromium (53Cr) 3.7
107-Paladium (107Pd) Stellar 107-Silver (107Ag) 6.5
182-Hafnium (182Hf) Stellar 182-Tungsten (182W) 9
129-Iodine (129I) Stellar, Cosmogenic 129-Xenon (129Xe) 15.7
244-Plutonium (244Pu) Stellar Various fission products 80
146-Samarium (146Sm) Stellar 142-Neodymium (142Nd) 103
235-Uranium (235U) Stellar 207-Lead (207Pb), 4He 704
40-Potassium (40 K) Stellar 40-Argon (40Ar)

40-Calcium (40Ca)
1,270

238-Uranium (238U) Stellar 206-Lead (206Pb), 4He 4,469
232-Thorium (232Th) Stellar 208-Lead (208Pb), 4He 14,010
176-Lutetium (176Lu) Stellar 176-Hafnium (176Hf) 35,700
187-Rhenium (187Re) Stellar 187-Osmium (187Os) 41,600
87-Rubidium (87Rb) Stellar 87-Strontium (87Sr) 48,800
147-Samarium (147Sm) Stellar 143-Neodymium (143Nd), 4He 106,000
190-Platinum (190Pt) Stellar 186-Osmium (186Os) 450,000

2 ABSOLUTE AGE DETERMINATIONS: RADIOMETRIC
occurring radioactive isotopes are produced through
four mechanisms:

1. Stellar nucleosynthesis where the very high tempera-
tures and pressures present in stellar interiors fuse
nuclei, creating new elements (Truran and Heger,
2005).

2. Some radioactive elements decay into other radioactive
elements. For example, 238-uranium requires eight
alpha decays and six beta decays before it reaches sta-
ble 206-lead. Along the way, the decay steps include
some isotopes with long enough decay lives to be
useful in geochronology. These include 234U, 230Th,
226Ra, 222Rn, and 210Pb.

3. High-energy cosmic ray particles collide with atoms in
Earth’s atmosphere or surface rocks with enough energy
to cause nuclear reactions. For example, 14-carbon is
created when 14-nitrogen in the atmosphere captures
a neutron released by a cosmic ray interactionwith some
other atom. Other cosmic-ray-produced nuclides
include 10Be and 26Al that aremade by spallation, which
occurs when an energetic cosmic ray proton simply
breaks off a fragment from the nucleus of an atom with
which it collides. Radioactive isotopes produced in
these reactions are known as cosmogenic isotopes.

4. Above-ground detonations of nuclear bombs intro-
duced into the environment substantial quantities of
a number of radioactive species that have been used
to investigate a number of atmosphere – Earth’s sur-
face exchange processes, and for tracing ocean water
circulation.

The probability that a radioactive isotope will decay
over any time interval is described by the equation:

�dN dt= ¼ lN (1)

where N is the number of atoms of the radioactive species
(parent isotope), t is time, and l is the rate constant of the
decay. Rate constants often are converted to “half-life”;
the time needed for half of the radioactive species to
decay. The half-life of a radioactive species is equal to
ln(2)/l. Integrating Equation 1 gives:

N ¼ N0e
�lt (2)

where N0 is the number of atoms present when t = 0. This
equation can be used to determine ages if one has indepen-
dent information on the initial abundance of the parent
isotope. For example, in 14C dating, if one assumes that
the ratio of 14C to stable 12C is constant in the atmosphere,
then one need only measure the present day 14C/12C ratio
in a material that obtained its carbon from the atmosphere
and use Equation 2 in order to determine the material’s
age. The assumption of a constant atmospheric 14C/12C
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ratio is now known to be invalid because the production
rate of 14C in the atmosphere depends on issues as diverse
as sunspot activity and the varying strength of Earth’s
magnetic field (see Paleomagnetic Field Intensity). Vari-
ous schemes have been used to correct 14C chronology
for variations in the atmospheric 14C production rate
including comparison with the carbon in tree rings dated
simply by counting the annual growth rings (Friedrich
et al., 1999) or, for longer time intervals, to growth
rings in corals dated with 230Th and 234U (Fairbanks
et al., 2005). Although the variations in 14C production
rate complicate 14C dating, they potentially provide infor-
mation on the variability of Earth’s magnetic field, or
sunspot activity, and how these parameters may affect
Earth’s climate (Bard and Frank, 2006).

Because the initial abundance of the parent isotope gen-
erally is not known, most radioactive dating schemes mea-
sure the increase in the abundance of the decay product
(daughter). If no atoms are lost, the abundance of the
daughter isotope (D) increases with time at the rate
described by:

D ¼ N0 � N ¼ N elt � 1
� �

(3)

Thus, in an ideal situation where, for example,

a mineral forms that contains radioactive 40 K, but no
40Ar, the age of the mineral can be determined simply by
measuring the abundance of 40 K (N) and 40Ar (D) in the
mineral after some decay interval has passed. In nature,
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perfect separation of parent from daughter isotope is rare,
so if some atoms of the decay product are present initially
(D0), then:

D ¼ D0 þ N elt � 1
� �

(4)

Because mass spectrometers can measure isotopic

ratios of some elements to precisions of 0.0005% whereas
elemental abundances can only be determined to about
0.1–1% precision, Equation 4, using the 238U-206Pb decay
scheme as an example, can be expressed as:

206Pb 204Pb
�� �

m ¼ 206Pb 204Pb
�� �

0

þ 238U 204Pb
�� �

m elt � 1
� � (5)

where “m” stands for the measured ratio and l is the decay
constant of 238U. Pb-204 is a stable isotope of lead. If two
or more samples with different U/Pb ratios are formed at
the same time with the same initial Pb isotope composition
((206Pb/204Pb)0), after some time has passed, plotting
the measured 206Pb/204Pb for each sample against its
238U/204Pb ratio will produce a line, called an isochron,
whose slope and y-intercept correspond to (elt� 1), and
the initial 206Pb/204Pb ratio, respectively (Figure 1a).
Thus, the slope of an isochron provides the time when
the samples on the line had the same Pb isotope composi-
tion. The U–Pb system is unique in that it contains
two isotopes of U that decay into two isotopes of Pb.
1.1416

1.1417

1.1418

1.1419

1.1420

1.1421

0.00 0.01 0.02 0.03 0.04 0.05 0.06 0.07 0.08

Binda
Slope corresponds to:
146Sm/144Sm = 0.00728

144Sm/144Nd

14
2 N

d/
14

4 N
d

b

agrams for the long-lived 147Sm–143Nd and short-lived, now
ated from the Binda eucrite, a type of meteorite that is a volcanic
rimarily of the minerals plagioclase and pyroxene, which have
d isotopic composition. As Sm decays, it changes the isotopic
147Sm-143Nd diagram directly provides the age of the sample,
ance of 146Sm (actually the 146Sm/144Sm ratio as illustrated in an



4 ABSOLUTE AGE DETERMINATIONS: RADIOMETRIC
Thus, an analogous Equation 5 can be written for the
decay of 235U to 207Pb. More importantly, the two equa-
tions can be combined to give:

207Pb 204Pb
�� �

m � 207Pb 204Pb
�� �

0
206Pb 204Pb=ð Þm � 206Pb 204Pb=ð Þ0
¼

235U 238U
�� �

el5t � 1
� �

ðel8t � 1Þ

(6)

where l5 and l8 are the decay constants for
235U and 238U,

respectively. Because the 235U/238U ratio is nearly con-
stant in nature at any given time, this equation allows an
age to be determined from measurements of lead isotopic
composition alone, without the need for concentration
determinations of U or Pb. Such ages, called Pb–Pb ages,
are obtained by plotting (207Pb/204Pb)m versus
(206Pb/204Pb)m, which will produce a line for two or more
samples whose slope is equal to the right hand side of
Equation 6. This equation can then be solved numerically
to determine “t”, the time when the samples formed.

A very active application of radiometric chronology
uses the variety of short-lived (half-lives of 105–108 year)
radionuclides that were present when the solar system
formed, but have long since decayed away (Carlson and
Boyet, 2009). For these systems, the “t” in Equation 2 can-
not be referenced to today because e�lt would always be
close to zero. Instead, the “t” for these extinct systems
must be a time interval referenced to a time when the
parent isotope still existed. In this case, using the
decay of 26Al to 26Mg as an example, Equation 5 can be
rewritten as:

26Mg 24Mg
�� �

Dt ¼ 26Mg 24Mg
�� �

0 þ 26Al 27Al
�� �

0
27Al 24Mg

�� �
me

�lDt

(7)

Plotting the two measurable parameters of this equation

(27Al/24Mg, 26Mg/24Mg) for two or more samples will
produce a line whose slope gives not the age, but the
(26Al/27Al) at the time when the samples formed
(Figure 1b). The time interval between the reference time
and the time of sample formation is then:

Dt ¼ � ln 26Al 27Al
�� �

Dt
26Al 27Al

�� �
0

.h i� �
l= (8)

To convert these relative ages into absolute ages

requires cross-calibration with a chronometer that pro-
vides absolute ages. For example, a certain type of mineral
inclusion within the Allende meteorite provided a Pb–Pb
age of 4567.6 � 0.4 Ma and an Al-Mg isochron whose
slope corresponds to 26Al/27Al = 4.96 (� 0.25)� 10�5

(Jacobsen et al., 2008). This provides a “pinning point”
for the 26Al/27Al ratio present in the solar system at
a known time. Thus, if analyses of some other sample pro-
duced an Al–Mg isochron whose slope corresponded to,
for example, 26Al/27Al = 2.5� 10�5, this sample would
be one half-life of 26Al, or 750,000 years, younger than
the other. Extinct radioactive dating systems thus provide
not absolute, but relative, ages. If these relative ages are
anchored to an absolute age, as done in the example
above, then the extinct system can be used to indicate
that the hypothetical sample mentioned above is
4566.8 million years old. A good example of the use
of extinct radionuclides is the attempt to date the oldest
volcanism in the solar system. Several types of meteorites
are interpreted to be lavas produced on small planetesi-
mals. One of these, the D’Orbigny meteorite, has
provided Al–Mg, Mn–Cr, Hf–W, and Pb–Pb ages of
4562.8 � 0.5 Ma, 4564.0 � 0.6 Ma, 4562.8 � 1.5 Ma,
and 4564.42 � 0.12 Ma, respectively. These results offer
the promise of temporal precisions of 0.002% for the ear-
liest events in solar system history.
The application of radiometric dating
The relatively simple equations given in the previous sec-
tion provide the basis by which measurements of radioac-
tive decay products can be translated into absolute ages.
Applying these chronometers to natural processes requires
matching the distinct properties of the many radioactive
systems listed in Table 1 to the problem being investi-
gated. Systems with short half-lives can be used to deter-
mine precise ages of geologic events only a few to a few
thousand years old. Many of these short-lived nuclides
are created either in the atmosphere or upper meter of
Earth’s surface, which makes them particularly amenable
to dating a variety of near-surface processes. The concen-
trations of 10Be or 26Al in quartz in rocks or sediments can
be used to date the time when the rock was exposed to cos-
mic rays, which can provide information on both uplift
and erosion rates (von Blanckenburg, 2005) (see
Paleoseismology). The rates of water movement from sur-
face through subsurface aquifers can be traced with
a number of radiometric chronometers (Bethke and
Johnson, 2008). The presence of 10Be in the lavas erupted
at convergent margins tracks the subduction of surficial
sediments to the 100 km+ depths of magma generation
(Morris, 1991) (see Subduction Zones). Carbon-14 is
used to date a huge variety of events from the eruption
of young volcanoes, movement along faults (see Earth-
quakes and Crustal Deformation; Archaeoseismology;
Paleoseismology), the rates of ocean water circulation
and ocean uptake of atmospheric CO2, and the death of
a living organism with its applications in archeology and
paleoecology (Broecker, 2005). The longer-lived radionu-
clides can be applied to a wide variety of issues concerning
the evolution of the solid earth, from dating the formation
of crustal rocks (see also Paleomagnetism, Magnetostra-
tigraphy), to determining the time of continental assem-
bly and breakup (see Continental Drift; Plates and
Paleoreconstructions), to defining the age of the Earth.

The key point in the application and proper interpreta-
tion of radiometric dating is understanding exactly what
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event is being dated. What “starts” a radiometric clock is
some event that changes the composition of a sample
and fixes this new compositional state until the sample is
dated in the laboratory. For example, 14C often is used to
determine the age of young volcanic eruptions. This sys-
tem works in this application not by dating the rock itself,
but by dating charcoal formed when the lava flowed over,
and burnt, a bush or tree.What the 14C age actually dates is
the time when the plant stopped exchanging carbon with
Earth’s atmosphere. In most cases, this happened because
the plant was killed by the volcanic eruption, in which
case, the 14C age accurately dates the eruption. However,
if a 100-year-old lava flow were to flow over a 10,000-
year-old bristlecone pine tree trunk lying long dead on
the ground, the 14C date of the charcoal would be
10,000 years, not 100 years.

The precision of a radiometric age depends on the
amount radioactive decay has changed the isotopic com-
position of the parent or daughter element. This depends
primarily on the time passed relative to the half-life of
the system, and in systems where measurement of the
daughter element is involved, on the degree to which par-
ent and daughter element are fractionated from one
another. Thus, one would use 14C with its 5,730 year
half-life to date an organic remain from ancient Rome,
but it would be useless to date a million year old limestone
because the 14C “clock” stopped measuring time when the
14C decayed away after a few half-lives into the history of
the limestone. Similarly, 147Sm, with a 106 billion year
half-life, is used to date a variety of materials ranging in
age from millions to billions of years old, but would be
useless to date very young processes because only
7� 10�15 g of 143Nd is produced every thousand years
per ppm of Sm, and this amount simply is too small to
measure accurately.

Besides choosing the proper radiometric system for the
application, understanding whether a radiometric age is
providing an accurate age for the event of interest
demands an understanding of the processes that set, and
reset, a radiometric clock. For Equation 5 to provide an
accurate age demands that the samples used to construct
the isochron: (1) all formed at exactly the same time,
(2) all had exactly the same initial daughter isotope com-
position, (3) experienced no change in parent/daughter
element ratio between formation of the sample and its
measurement in the laboratory, and (4) nothing other than
the decay of the parent modified the daughter isotopic
composition. In nature, all of these requirements have
the potential to fail, but, in some cases, these “failures”
can still provide useful information.

A good candidate to meet the requirements above is
a volcanic rock. Under conditions ideal for an accurate age,
a well-mixed magma will crystallize, over a short time inter-
val after eruption, a variety of minerals with different parent/
daughter elemental ratios, but the same initial daughter isoto-
pic composition that they inherit from the magma. Over
time, if the minerals experience no chemical exchange with
their surroundings, the radioactive decay products will build
up allowing their measurement to provide the accurate age of
eruption of this volcanic rock. The Apollo 15 basalt 15386
provides evidence that when these criteria aremet, ages from
many radioactive systems can agree. For this sample, the
age (in billions of years) obtained from different radiometric
systems are: K-Ar 3.89 � 0.04, Rb-Sr 3.88 � 0.01, Sm-Nd
3.85 � 0.08, and the U–Pb age for zircon from
a compositionally similar rock is 3.89.

For volcanic rocks this old, the assumption that the
minerals all formed at the same time, at least relative to
the ancient age of the rock, likely will be accurate. When
one moves to younger volcanic systems, and the use of
chronometers with better temporal resolution, the issue
of the duration of crystallization becomes important. Sev-
eral cases have now been presented where different min-
erals in the same volcanic rock give ages that range from
the age of eruption to significantly older. One example is
the Coso Volcanic field in California where zircons in
one of the rhyolites range in age from the same as
a K-Ar date on sanidine from the rhyolite, interpreted as
the eruption age, to as much as 200,000 years older (Miller
and Wooden, 2004). This result suggests that emplace-
ment and crystallization of distinct magma batches in the
crustal magma chamber that eventually fed this eruption
is a prolonged process occurring over many thousands of
years. Similar results have now been reported in many
young volcanic rocks (Cooper and Reid, 2008). Although
the age range of the minerals mentioned above is
interpreted as reflecting a prolonged magmatic event,
another way that an old crystal can get into a young
magma is if a crystal from an older rock underlying the
volcano is picked up by themagma during its ascent. Find-
ing such “xenocrystic” material, particularly within more
viscous, lower melting temperature, silica-rich magmas,
is so common that it can be used to detect and even deter-
mine the age of older crust buried beneath a volcano, in
some cases enabling the identification of older basement
where none was previously known to exist (Smyth et al.,
2007).

This brings up what is possibly the most insidious cause
of an inaccurate radiometric age: the generally poorly-
known temperature history of the sample. Because the rate
of chemical diffusion within solids increases with temper-
ature, elevated temperatures facilitate chemical changes.
Heating a mineral can cause gases, such as He and Ar that
are present in a crystal lattice as a result of their production
through radioactive decay, to diffuse out of the crystal and
escape along grain boundaries. At a temperature of
1,000�C, diffusion will cause a Sr atom in a mineral to
move about 2 mm in a million years. If a small grain of
a high Rb/Sr ratio mineral, such as mica, is next to
a grain of a low Rb/Sr ratio, and high Sr content, mineral
like plagioclase, the ingrowth of radiogenic 87Sr in the
mica will be diluted by diffusional exchange with the
unradiogenic Sr in the plagioclase. Diffusion thus makes
all radioactive chronometers “thermochronometers” that
date the time when the material of interest reached
a low-enough temperature to stop diffusional resetting of
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the radiogenic ingrowth. Because rates of diffusion are
a function both of the element that is diffusing and the
structure of the crystal throughwhich it is diffusing, differ-
ent radiometric systems, and different minerals, can have
different sensitivities to temperature excursions. This
gives rise to the concept of “closure” or “blocking” tem-
perature, above which the diffusion rate is too high to
allow for the buildup of the radioactive decay product. In
other words, the radiometric clock does not start until the
mineral falls below its closure temperature. In the Coso
example above, the K–Ar age obtained for the sanidine
is interpreted as the eruption age because even if this min-
eral formed well prior to eruption, the 200–400�C closure
temperature of the K–Ar system in sanidine (Figure 2) is
so low that the radiogenic 40Ar being produced in the
sanidine was diffusing out as fast as it was being produced
because of magma temperatures in the range of �750�C.
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Absolute Age Determinations: Radiometric, Figure 2 Closure
temperatures for various radiometric systems in different
minerals. The fission track technique counts the density
of damage tracks made in crystals due to the fission of 238U.
Coupled with the measurement of U concentration in the
crystal, the density of fission tracks can be converted into
a radiometric age. Figure modified from (Pollard, 2002 – http://
pangea.stanford.edu/�dpollard/NSF/main.html) which was
adapted from a figure produced by P. Fitzgerald, S. Baldwin,
G. Gehrels, P. Reiners, and M. Ducea.
In contrast, the closure temperature of the U–Pb system
in zircon is higher than the magma temperature, so as soon
as the zircon first crystallized, its U–Pb clock started to
record time. Temperature-induced diffusional resetting
of radiometric systems may make interpretations of
ages a bit more difficult, but it creates a new field –
thermochronometry – that constructs time-temperature
histories for various geologic processes (Reiners and
Ehlers, 2005). Though many radiometric systems can be
used for thermochronometry, the oldest radiometric dating
technique, the decay of U and Th to He, has been
reenergized (Farley, 2002) because the low closure tem-
perature of the U,Th – He system can be used to address
geological processes such as the rate of mountain uplift
or surface erosion by telling the time when a rock arrived
close enough to Earth’s surface to cool below the closure
temperature of the radiometric clock (Reiners and
Brandon, 2006).

While the appreciation and use of thermochronometry
has been the primary growth field in radiometric geochro-
nology in the last decade, other efforts are directed at find-
ing ways to avoid reset ages. The traditional way to do this
is to move to sample sizes much larger than diffusion
lengths. This is the basis for “whole rock isochrons”where
kilogram rock samples are homogenized and measured
as an individual point on an isochron. Although this
approach has produced some accurate ages, it suffers
two main weaknesses. First, deciding whether all the
rocks included on an isochron are the same age is not
always easy, particularly for ancient, highly deformed,
gneisses where this approach often is applied. Second, in
order to obtain a sufficient range in parent/daughter ratio
to precisely determine an isochron, compositionally dis-
tinct rocks are usually included on the isochron. Judging
from modern igneous rocks, large compositional distinc-
tions often are associated with variable initial isotope com-
position, which would violate the requirement that all the
samples used to construct an isochron have the same ini-
tial isotope composition. Where whole rock isochrons
can be useful is in detecting when much older components
are involved in the genesis of younger rocks. A good
example of this are the Sm-Nd data for lunar basalts where
mineral isochrons of individual samples provide eruption
ages generally less than 4 billion years, but the whole rock
data scatter about a line corresponding to an age near
4.45 Ga (Carlson and Boyet, 2009). The precision of this
older age is debatable, as is its interpretation, but it could
imply that the younger basalts are made by melting source
materials in the lunar interior that formed from some
global differentiation event on the Moon that occurred
some time near 4.45 Ga. Memory of this event was erased
from the minerals in the basalts, that know only of their
crystallization from the magma, but the magmas them-
selves may “remember” the events that led to the forma-
tion of their source materials in the lunar interior.

The other approach to avoiding thermally reset ages
is to use minerals whose crystal structure allows only
very slow diffusion. One curious example is diamond.
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Diamond cannot be dated directly because it contains
insufficient amounts of the radioactive elements, but it
often contains as inclusions minerals that can be dated.
Even though these minerals were formed, and have been
stored, at temperatures above 1,000�C and depths greater
than 150 km in the mantle (see Lithosphere, Continental:
Thermal Structure), the encapsulation by the diamond
does not allow them to communicate through diffusion
with their surroundings. As a result, dating of inclusions
in diamond show that diamond formation in the mantle
has occurred over a good part of Earth history, with the
oldest diamonds being approximately 3.5 Ga (Pearson
and Shirey, 1999) (see Lithosphere, Continental).

By far, the most commonly used andmost versatile way
to avoid reset ages is with the application of the U–Pb sys-
tem in zircon (Hanchar and Hoskins, 2003). The strengths
of U–Pb zircon dating include: (a) very high U–Pb
closure temperature, (b) resistance to chemical modifica-
tion through alteration and metamorphism, (c) high
U concentrations, but initially vanishingly small Pb con-
tents, (d) the U–Pb system includes two independent
decay schemes that allow tests to determine whether
or not the age has been disturbed (Wetherill, 1956),
(e) among the long-lived radioisotopes, the relatively short
half-life of 235U allows highly precise ages to be obtained
for ancient rocks, (f ) both the trace element concentrations
and Hf isotope composition in zircon provide information
on the nature of the source rock from which the zircon was
derived, and (g) U–Pb ages can be obtained in samples as
small as fragments of individual grains or even spots, tens
of microns in diameter, ablated with either lasers or ion
beams. Perhaps the only weakness of zircon is that it is
not found in all rock types, occurring primarily in felsic
igneous rocks. These characteristics explain the many var-
ied applications of zircon U–Pb dating that include the
discovery of the oldest dated material on Earth, 4.36 Ga
zircons from quartzites in western Australia (Wilde et al.,
2001), to high-precision calibration of the geologic time-
scale (Bowring and Schmitz, 2003), to the previously
described use of zircons to determine the duration of crys-
tallization in the magma chambers of young volcanic
rocks.

Summary and conclusions
Continually improving analytical capabilities coupled
with expanding appreciation of the physical controls on
what sets, and resets, radiometric clocks are allowing
ever-increasing expansion of this now century-old
approach. The variety of radioactive species now in use
provide the ability to determine absolute ages for geologic
processes that occur over timescales that range from days
to the age of the Earth and solar system.
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Synonyms
Magnetic dating, archaeological; Remanence dating

Definition
Archaeomagnetism is the study of all remanent magnetiza-
tion associated with materials found in, or associated with,
an archaeological context. In practice, it is the application
of paleomagnetic techniques to archaeological materials,
predominantly in terms of their uses in dating or “sourc-
ing” such materials. This generally means that magnetic
surveys are not usually considered “archaeomagnetic,”
other than when used to provide information on the actual
directions and intensities of the remanent magnetizations
of the materials causing the anomalies.

As most applications of archaeomagnetic studies relate
to magnetic dating, these aspects are described first.

Basic features
Most materials within archaeomagnetic contexts contain
iron oxide minerals that are capable of carrying a magnetic
remanence acquired at some past time. More rarely, iron
sulphides and hydroxides can carry such remanences.
Evenmore rarely, a remanence can be carried by pure iron,
nickel and cobalt and their alloys, and in very specific con-
ditions, iron sulphates. The commonness of magnetite
(Fe3O4) and hematite (Fe2O3) makes these almost always
the dominant minerals involved. Such ferromagnetic
(sensu lato) minerals can acquire a thermal remanence in
the Earth’s magnetic field (or of nearby magnetic objects)
while cooling from higher than ambient temperatures,
chemical remanences as a result of crystalline or composi-
tional changes. Some archaeological materials can com-
prise iron objects, but these are generally poor recorders
of early remanences, being generally magnetically “soft.”
All archaeological materials can become comminuted and
eventually deposited as sediments (v.i. Archaeological
sediments) in which the individual magnetic grains can
bemagnetically aligned during their deposition in aqueous
or aeolian conditions, resulting in a detrital magnetization
(see Paleomagnetism, Principles for details).

In an archaeological environment, it is unlikely that
only one form of remanence is present. It can also be pre-
sumed that some of the originally acquired remanence will
have decayed with time, and other time-dependent magne-
tizations, viscous magnetizations, will have been acquired
as the materials lay within a geomagnetic field that gradu-
ally changes in both direction and intensity. In order to
determine the direction and intensity of the geomagnetic
field for some specific time in the past (such as when last
heated or deposited), it is necessary to remove such viscous
magnetization. Where such viscous magnetizations are not
associated with chemical changes, they can be removed by
partial demagnetization in alternating magnetic fields
or heating in zero-magnetic field in nonmagnetic furnaces.
Alternating field demagnetization randomizes the low
coercivity components of remanence, that is, the viscous
remanences, leaving the high coercivity components
unchanged. Partial thermal demagnetization reduces the
relaxation time of all contained minerals, that is, the time
taken for the direction of individual grain magnetization
to relax into the ambient field direction. As the ambient
field is zero, the grains with low relaxation times (those
that carry the viscous magnetizations) thereby become
randomized, leaving the high relaxation grains still in orig-
inal directions. (For further detail, see Paleomagnetism,
Principles.) Such partial demagnetization procedures are
necessary for magnetic dating using directions or intensity.
Statistical analyses, initially Principle Component Ana-
lyses, are then made to determine the number, direction,
intensity, and precision of the magnetic vectors present
in any single sample (see Paleomagnetism, Measurement
Techniques and Instrumentation for details). The isolated
individual sample vectors defined within some 5� that are
considered to have been acquired originally are then com-
bined, usually using Fisherian Statistics and giving equal
weight to each sample vector, to provide a mean site direc-
tion. (Where individual oriented hand samples have been
subsampled, these subsamples are combined to obtain the
sample values that then yield the site mean value.)

Such treatments normally require different instrumen-
tation for dating based on directions than those for dating
based on intensity and are described separately. The theo-
retical bases are the same.
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Archaeological site sampling
Directional analyses
Generally between 7 and 20 individually oriented samples
are taken. This enables orientation errors to be averaged,
as well as measurement errors. Ideally such samples are
distributed evenly throughout the structure being sampled,
although concentration is made on materials that are most
likely to yield meaningful results and where the physical
stability (since acquiring remanence) is better established.
Sample orientation in situ is preferably undertaken
nonmagnetically (sun compass, gyro-theodolite, or by
sightings) as the objects themselves commonly distort
magnetic compass readings. It is also desirable that the
nature and conditions at the site, with the in situ samples,
is recorded so that, when completing the analyses, possi-
ble causes from anomalous determinations can be better
evaluated (see Paleomagnetism, Measurement Techniques
and Instrumentation).

Paleo-intensity analyses
Samples for such studies do not need to be oriented while
in situ nor need the samples be still in their original
positions in which their remanence was acquired. How-
ever, such orientations can be useful is assisting assess-
ments of samples that show more than one remanent
magnetic vector. Generally, some three to five samples
are selected for study from any one archaeological site
(see Paleomagnetic Field Intensity).

Magnetic dating based on the direction
of remanence
This dating method depends on the longtime spatial varia-
tions (>�10 years) of the geomagnetic field (see Geo-
magnetic Field, Secular Variation). Analyses of the
present-day geomagnetic variations suggest that, at
a medium latitude location, the observed geomagnetic
field in a circular area of some 550 km radius (�1
Mkm2) can be modeled as that of a geocentric inclined
dipole field within an error of�0.5� (solid angle) in direc-
tion. At greater distances, the error increases to>1� (solid
angle) rendering the model increasingly unreliable for
comparing the directions of remanence at more distant
sites. Such modeling enables “Master Curves” (Paleo-
Secular Variation Curves) of directional change to be
constructed using previously studied sites for specific
regions, usually for a specific country or groups of small
countries. In the UK, most English and Welsh observa-
tions were corrected to a central location, Meriden, while
French observations were generally corrected to Paris.

Master Curves are now more commonly calculated
within a far more sophisticated statistical modeling, nota-
bly hierarchical Bayesian modeling (Lanos et al., 2005).
In such analyses, the Gaussian errors for the date assign-
ments as well as for directional properties are incorporated
in the construction of the Master Curves. Such Bayesian
statistics similarly incorporate harmonic analyses. Spheri-
cal Cap analyses have the objective to determine the
geomagnetic field variations attributable to fields at the
Earth’s core (Pavón-Carrasco et al., 2008). The latter
method is therefore more appropriate for geomagnetic
field modeling (see Geomagnetic Field, Theory).

Relative dating
Nearby sites (within some 50–80 km) that acquired their
remanence at the same time will exhibit identical (within
1�) directions of remanence. Consequently, nearby sites with
differing directions of remanence can be considered to have
acquired their remanence at different times. Conversely, sim-
ilar directions can indicate similar ages for their remanence
acquisition. However, identical geomagnetic directions can
occur in the same location at different times. When such
repeat directions occur at time intervals of a few 100 years,
the archaeological context is often adequate to distinguish
between alternative age assignments.

Chronological dating
This dating method is dependent on the secular variation
of the geomagnetic field being known for the region being
investigated (see Geomagnetic Field, Secular Variation).
As the current geomagnetic theories for the origin of the
geomagnetic field are still evolving (see Geomagnetic
Field, Theory), this usually requires previously well-dated
(by non-archaeomagnetic means) site values to be avail-
able. In newly studied areas, the method is clearly
inhibited by the lack of such data, but as more and more
observations are obtained, the past directions of the geo-
magnetic field become increasingly well defined.
Archaeomagnetic dating is thus an unusual scientific dat-
ing technique as its precision increases as more observa-
tions accumulate.

Magnetic polarity and polarity excursion dating
This dating application is based on unusual aspects of
the long-term geomagnetic behavior. On scales of a few
thousand years, the geomagnetic field can undertakemajor
excursions away from its normal direction, geomagnetic
events, or excursions. On timescales of a few 100,000
years, the Earth’s magnetic field changes polarity – the
North magnetic pole becoming the South magnetic pole,
and vice versa for the South magnetic pole. Consequently,
some geomagnetic excursions occur on archaeological
timescales, and the younger polarity changes occur on
archaeological-anthropological timescales (see Geomag-
netic Excursions; andGeomagnetic Field, Polarity Rever-
sals for more detailed considerations).

Magnetic dating based on the intensity
of remanence
Relative dating can be based on the determination of
paleo-intensities of the ancient field in a similar way as
for direction (qv). Most current studies are directed toward
defining the changes in geomagnetic intensity during
archaeological time although sufficient quantities of high
quality paleo-intensity determinations are now becoming
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available for specific regions, enabling chronological dat-
ing to be undertaken. As for directional studies, when past
records of the Earth’s magnetic field intensity are avail-
able, aMaster Curve can be constructed for a similar circu-
lar area of�1Mkm2, radius of�550 km, as for directional
studies.

Errors
General errors
These apply to both directional and intensity dating
techniques.

1. It is usually assumed that any effects of weathering and
other environmental changes are minimal and that the
magnetic grains carrying the remanence of interest
are essentially unaffected. However, some weathering
products, such as goethite and hematite, can carry
high-stability remanence. It is desirable that, as far as
practicable, unweathered materials are collected.

2. During partial demagnetization, it is assumed that no
chemical or structural alterations occur to the existing
magnetic minerals and that no new magnetic minerals
are formed. Such changes are far more likely during
thermal demagnetization than by alternating magnetic
field techniques and are usually monitored by repeated
measurements of the initial susceptibility. This is, how-
ever, a coarse measure and magnetic domain changes
(seeMagnetic Domains) which can occur with no clear
change in susceptibility.

3. Both directions and intensities can be affected by mag-
netic anisotropy (shape and crystalline) that may be
associated with the sample shape, the shape of
contained minerals and the orientations of their crystal-
lographic axes (see Magnetic Anisotropy).

4. Lightning strikes at times subsequent to the original
acquisition of remanence, and have electromagnetic
effects that can drastically alter the magnetic rema-
nence. Although mostly associated with electrical
charges that usually travel through surface waters,
these effects can penetrate. Such effects can usually
be recognized by their high intensities and tendency
to be in random directions.

5. The local geomagnetic field direction and intensity
may well be distorted if there were nearby magnetized
objects, natural or manufactured, at the time of rema-
nence acquisition.

6. The behavior of the geomagnetic field is still poorly
defined and, particularly at high magnetic latitudes,
can show major diurnal variations. It also appears that
secular variations are not necessarily smooth, but may
occur in “jerks” (see Geomagnetic Field, Secular Vari-
ation) although these appear to be mostly within the
current experimental error of the technique.

7. The geomagnetic field over time can return to previous
direction and intensity values. When such “crossover”
points occur in theMaster Curves at sufficiently different
times, then the archaeological age constraints on the site
may enable the most likely chronological age to be
applied. However, most extant Master Curves are likely
to still be distorted by some studies for which the archae-
ological or chronological age has subsequently been
modified. However, such “anomalous” sites becoming
increasingly recognized as databases increase.

Errors specific to directional dating
In addition to the general errors, directional studies are
sensitive to the oriented samples having remained in situ
since they acquired their remanences. In a solid structure,
such loose materials can be readily identified, but individ-
ual parts of some structures can have undergone motions
relative to the rest of the structure, for example, kiln-wall
“fall-out” or “fall-in.” On hillside, it is also possible that
the whole structure may have undergone motion away
from where the remanence was acquired. Thus,
a knowledge of the archaeological controls on possible
motions of the site is essential.

Errors specific to intensity dating
In addition to the general errors, paleo-intensity studies are
sensitive to the “cooling rate” of the acquired magnetic
properties. The naturally acquired remanence will com-
monly have been acquired over times that can be of the
order of several days, while the laboratory studies are nec-
essarily on far shorter times scales. The laboratory redox
conditions during cooling are normally very different.

Overall error assessment
While there are many potential sources of error in
archaeomagnetic dating, in most archaeological sites
where the conditions are clear and the materials largely
pristine, the errors arising appear to be only rarely of
sufficient magnitude to warrant rejection.

Specialized applications
Murals and plaster
Remarkably, it has been shown that pigments can carry
a remanence relating to the time when they were applied.
Where such pigments have been applied to walls, their
remanence has been shown to relate to the time that
the pigments were applied, particularly in tempera paint-
ings – either originally or during subsequent retouching.
It seems most likely that this remanence is associated with
hematite and was acquired “detritally,” that is, by rotation
of the grains while still fluidized (Lanza et al., 2009). Sim-
ilar observations have also been shown for plaster work
(Soler-Arechalde et al., 2006).

Object reconstruction
Specific artifacts, such as pottery, when fired, obtain
a uniform magnetization in the ambient geomagnetic field
as they cool within the furnace. If broken, individual
shards retain this original remanence and can be
reassembled to assist in defining the original shape of the
pot (Burnham and Tarling, 1975).
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Archaeological sediments
As sediments are deposited within an archaeological site,
any contained already magnetized grains are influenced
by the ambient geomagnetic field. As these alignment
forces are weak (compared with the effects of gravity and
flow motions) only a percentage of the magnetic grains
are aligned and such alignments can be gravitational flat-
tening during the deposition process. However, the more
magnetically stable grains (usually with single-domain
dimensions of�1 mm) can rotate into full alignment while
they are still fluidized immediately after deposition. How-
ever, such alignments can be modified by meniscus forces
as the water table subsequently rises or falls. Sedimentary
minerals also undergo a series of chemical reactions as
they adjust to their new environment. Consequently, it is
often difficult to establish the true direction of the geomag-
netic field at the time of deposition with sufficient certainty
to assign ages based on the magnetic determinations.
However, there are archaeological sites, such as basal sed-
iments, deposited immediately after a ditch had been cut,
that appear to be recording the geomagnetic field direction
at that time.

Magnetic “sourcing”
Magnetic sourcing attributes an object to a particular loca-
tion on the basis of its magnetic properties. For example,
an obsidian arrowhead can sometimes be sourced to the
obsidian outcrop from which it was originally fashioned.

The physical basis for this is that the compositions and
grains sizes of the magnetic minerals within a rock can be
specific to a particular outcrop. Each outcrop also tends to
have a slightly different cooling history and became mag-
netized by a specific geomagnetic field strength. Several
magnetic properties can be rapidly and cheaply measured,
such as its initial (low field) susceptibility, its saturation
remanence, and its intensity of natural remanence, are suf-
ficient to identify a specific outcrop. Generally, the range
of magnetic properties in most sedimentary rocks is too
great to allow such assignments, but obsidians, rapidly
cooled volcanic glasses, commonly have a range of mag-
netic properties that are either unique to that outcrop or
to only two or three outcrops.

Summary
The study of the magnetic properties of archaeological
materials, archaeomagnetism, is particularly significant
in geophysics as it enables secular variations in the direc-
tion and strength of the geomagnetic field over timesscale
that are far longer than those for direct measure-
ment (�400 years). In comparable magnetic studies
of rocks, paleomagnetism, these secular variations are
commonly averaged out during the processes by which
rocks acquire their remanent magnetization. Conversely,
archaeomagnetic records provide an additional dating
tool for archaeologists. As a comparative dating tool,
archaeomagnetism enables relative dating between nearby
samples (100–200 km) within�10–20 years. As a dating
tool, it is mainly dependent on the validity of the ages used
to compile the regional Master Curve. It is thus unique, as
a scientific dating method, in that as more data are
acquired, age “outliers” can be identified and their age
reassessed. Consequently, the Master Curves are continu-
ally improving and, ultimately, could have the same preci-
sion as for relative dating. There are also interesting
applications in using such observations in conservation
studies and establishing past environmental conditions.
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Synonyms
Earthquake archeology

Definition
The study of pre-instrumental earthquakes that, by affect-
ing locations of human occupation and their environments,
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have left their mark in ancient structures uncovered by
means of archaeological excavations or pertaining to the
monumental heritage (Buck and Stewart, 2000; Galadini
et al., 2006).

Introduction
Ever since man-made structures have been erected, earth-
quakes have left their marks on these constructions. How-
ever, damages in archaeologically excavated buildings or
continuously preserved monuments are often hard to
unravel in terms of the causative effects. The use of
archaeological data to investigate unknown or poorly
known historical earthquakes and descriptions of earth-
quake effects recorded in the archaeological heritage
started in the nineteenth and early twentieth century
(e.g., De Rossi, 1874; Schliemann, 1881; Evans, 1928).
Since the 1980s, the increased interest in the subject led
to the publication of special volumes and articles in seis-
mological and geological journals (e.g., Guidoboni,
1989; Stiros and Jones, 1996; McGuire et al., 2000;
Galadini et al., 2006; Reicherter et al., 2009).While earlier
investigations were dominated by the qualitative descrip-
tion of damage records, more recent studies take a quanti-
tative approach. The main questions to be answered by
archaeoseismic investigations are (1) how probable are
seismic ground motions, or secondary earthquake effects,
as the cause of damage observed in man-made structures
from the past, (2) when did the damaging ground motion
occur, and (3) what can be deduced about the nature of
the causing earthquake.

Archaeoseismic observations
The marks in ancient structures relevant for
archaeoseismology fall into four main categories: (1) dis-
placements along shear planes directly linked to the earth-
quake fault plane or side branches of it. In particular,
earthquakes with a strike slip mechanism can leave dis-
tinctive traces in buildings and lifelines such as aqueducts,
roads, and sewer systems. Case studies (e.g., Ellenblum
et al., 1998; Meghraoui et al., 2003) show that under
favorable conditions the amount of slip and in case of
repeated events the slip rate of the faults can be revealed.
(2) Off-fault-shaking effects including fractured building
elements, tilted walls, shift of building elements, lateral
warping, breaking and overthrow of walls, rotations of
vertically oriented objects (tomb stones, columns, monu-
ments). For most of these features, a seismogenic origin
is not the only possible interpretation. Therefore, alterna-
tive causes must be taken into account in the damage anal-
ysis. (3) The secondary shaking affects lateral spreading
and cyclic mobility as a consequence of liquefaction of
the subsurface. Liquefaction always requires a certain
level of dynamic excitation. So secondary damages in
buildings andmonuments due to liquefaction help exclude
alternative causes from a damage scenario. (4) Archaeo-
logically detected abandonment of a site and evidence of
repair and rebuilding. These observations are mainly of
interest in connection with the reasons mentioned before
because as a single observation in general they do not give
enough evidence for the conclusion of a seismogenic
cause (Galadini et al., 2006).

While the first category is limited directly to the linear
features of active faults, off-fault shaking affects a much
larger area and is more common but harder to prove.
Ancient structures show deformations related to seismic
shaking similar to those observed in recent earthquakes.
Typical earthquake effects on masonry walls are (1) cross
fissures, due to stress concentrations often nucleating
at corners of doors and windows, driven by shear forces,
(2) corner expulsion of walls caused by differential
movements in orthogonal directions, (3) horizontal and
independent lateral and rotational shift of wall blocks, best
visible in uncemeted walls made of rectangular blocks,
(5) spall of block corners due to stress concentrations,
(6) height reduction by vertical crashing, (7) movement
of keystones and rupture of arch piers, (8) rotation of
vertically oriented objects, (9) domino-like toppling of
structured columns and walls. Examples are shown in
Figure 1. Following the term seismite, used for seismically
disturbed sediment layers, the above-mentioned deforma-
tions may be called archaeoseismites. Several of these
deformations may also originate without dynamic
earthquake excitation. In these cases, a single piece of
evidence or at a single edifice only cannot be considered
a conclusive archaeoseismite. If damages are identified
as archaeoseismites, intensities can be derived following
the classical macroseismic methods.
Methods
Archaeoseismology requires the integration of several sci-
entific disciplines. Figure 2 shows a scheme of workflow
in a quantitative archaeoseismic study. Besides archaeo-
logical and seismological methods, input from geodesy,
pure and applied geology, and civil engineering is needed
(Ambrasyes, 2006). Physical absolute dating techniques
including radiometric methods, luminescence methods,
and dendrochronology are necessary to determine a time
window for the damaging event. In case of multiple
events, the rough dates are crucial for seismicity models
and hazard analysis.

The first step in studying field cases is the documenta-
tion and analysis of damages to the archaeologically exca-
vated buildings or objects. In addition to the important
traditional excavation techniques and classical measure-
ments and drawings, 3D imaging techniques have proved
their usefulness in archaeoseismic field cases. Photogram-
metry and laserscanning are fast in the field and allow
detailed analysis and post processing, especially
a quantification of deformations, fractures, etc. In cases
where building parts are fragile and cannot be conserved
in the original finding situation, successive laser scans
during the excavation offer the possibility to build virtual
3D models. In ideal cases, the seismological relevant data
can be acquired during an ongoing excavation. Important
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Archaeoseismology, Figure 1 Examples of deformations and damages which possibly are earthquake effects: (a) Horizontally
deformed wall of a crusader fortress build on top of the Dead Sea Transform Fault in the Jordan Valley; (b) deformed vault of a Roman
sewer in Cologne, Germany; (c) toppled columns of a Byzantine church in Sussita located above the Sea of Galilee; (d) toppled
column of the great palace in Patra, Jordan; (e) moved block in an arch of the Nimrod fortress in the Golan Heights; (f) shifted blocks
of an analemma of a Roman theatre in Pınara, SW Turkey; (g) moved blocks of a corner wall of a Roman monument in Patara, SW
Turkey; (h) shifted blocks of a Roman grave house in Pınara, SW Turkey; (i) spall of block corners, same object as in (g);(j) broken
and horizontally displaced fortification wall of the Roman Tolbiacum (Zülpich, Germany); (k) rotated Lycien sarcophagus in Pınara,
SW Turkey.
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is the complete documentation of the stratigraphy of
debris layers, which can reveal the decay rate of structures
(Galadini et al., 2006). Building collapse may be sudden,
progressive, or a combination of both. The progressive
deterioration of walls results in accumulations having
maximum thickness close to the wall feeding the material.
The thickness decreases a short distance from the wall. In
case of height reduction of walls or buildings due to earth-
quake effects, the debris is more distributed. Sometimes
even complete walls topple to one side; in this case, the
impact pattern can help to constrain ground motion ampli-
tudes. However, if the findings of previous excavations
are archaeoseismologically analyzed, the current situation
and available excavation reports form the database.
Possible alterations of the excavated objects since the
first excavation and shortcomings in the documentation,
especially if earthquake actions were not considered
at the time of the original excavation, might hinder the
interpretation.

Depending on site conditions, exploration, and model-
ing of the properties of the local geology at the site is an
important second step. Several of the above-mentioned
deformations can also be caused by slow, quasi-static
deformations of the subsoil, and ground amplification
due to shallow soft sediments can significantly amplify
seismic shaking. If the latter is not taken into account,
the size of the damaging earthquake can easily be
overestimated.
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Archaeoseismology, Figure 2 Schematic work flow in a quantitative multidisciplinary archaeoseismic study. The dynamic behavior
is studied by finite element (FE) or discrete element (DE) methods.

14 ARCHAEOSEISMOLOGY
Only on rare occasions, site-specific strong motion
records from recent earthquakes will be available and help
to prove or disprove proposed damage scenarios. To over-
come this lack of information, the calculation of synthetic
seismograms based on models of the capable faults and
local geology have been used to better ascertain the prob-
ability of a seismogenic cause of the damages and name
faults on which the damaging earthquake occurred. When
other natural forces (flooding, storm, mass movement) or
even human action also come into consideration, their
action on the excavated objects has to be tested as well.

Reconstructions of the damaged archaeological objects
are the basis for determining the dynamic behavior and the
vulnerability of the ancient buildings. Common earth-
quake engineering techniques including finite element
and discrete element modeling are used to analyze the
reaction of the buildings to the estimated seismic loading
functions. Results from such models are compared to the
damages observed in situ.

The most challenging task of an archaeoseismic study
is the determination of source parameters of the earth-
quake which caused the analyzed damages. While timing
of the earthquake has to be done by archaeological tech-
niques, including classical archaeological stratigraphy
and the above-mentioned physical dating, location and
strength of the earthquake can only by narrowed down
with seismological models. A territorial approach
(Galadini et al., 2006), in which the collected information
from the surroundings of an archaeological site are taken
into account, is the most promising tool to determine
earthquake source parameters.

Summary
In the past decades archaeoseismology has evolved as a new
branch of seismological sciences. While palaeoseismology
focuses on the marks left by earthquakes in the geological
record, archaeoseismologists analyze and interpret marks in
the archaeological record and in preserved monuments.

The use of quantitative methods in archaeoseismology,
including calculation of synthetic site-specific strong
motion seismograms, modeling of natural non-earth-
quake-related forces, anthropogenic forces, and finite or
discrete element models of structures, supports conclusive
discrimination between potential damage scenarios. How-
ever, if model parameters cannot be well constrained,
modeling result uncertainties might still be too large to
draw definite conclusions. Common sense interpretations
of archaeoseismites as solitary evidence are generally too
vague to complement earthquake catalogs for a seismic
hazard analysis. Recent advances in ground motion simu-
lation methods and computational possibilities promise to
refine quantitative archaeoseismological methods and
establish them at levels equal to historical and palaeoseis-
mologial methods. Finally, even if an archaeoseismic
study does not deliver the often-requested improvement
of hazard determination, it can still advance our picture
of the past by attempting to answer open archaeological,
historical, and geologic questions in a scientific manner.
And following Ambrasyes (2006): “Surveying and map-
ping an archaeological site is an art, verifying the cause
of damage is science.”
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Definition and Introduction
Under certain suitable geological conditions, anthropo-
genic activity can trigger or induce earthquakes. The trig-
gered/induced earthquakes are known to have occurred
due to gold and coal mining, petroleum production, filling
of artificial water reservoirs, high-pressure liquid injection
into ground, and natural gas production. The largest scien-
tifically accepted triggered earthquake of magnitude 6.3
occurred on December 10, 1967 in the vicinity of Koyna
Dam near the west coast of India. It is debated whether
the M 7 Gazli earthquakes of May 1976 and March 19,
1984 were induced due to the production of large quanti-
ties of gas at the Gazli Oil Field in Uzbekistan. There is
an argument that the Sichuan, China, M 7.9 earthquake
of May 12, 2008, that claimed over 80,000 human lives
was triggered due to filling of the nearby Zipingpu reser-
voir. It has been also proposed that flooding of a river near
San Andreas fault in California caused at least two M � 6
earthquakes. A good account of triggered/induced seis-
micity can be found in a review by McGarr et al. (2002).
Hudyma and Potvin (2005) has extensively dealt with
mining-induced seismicity. Gupta (2002) has reviewed
artificial water reservoir triggered seismicity.

Here we present cases of artificial water reservoir trig-
gered earthquakes that occurred all over the world, with
a special emphasis on earthquakes in the Koyna region
near the west coast of India. This is a classical case where
triggered earthquakes have been occurring since the
impoundment of reservoir in 1962.

Triggered vis-à-vis induced earthquakes
For a long time, the adjectives “induced” and “triggered”
were used interchangeably whenever one talked of artifi-
cially simulated earthquakes. McGarr and Simpson
(1997) have addressed this question and suggested that it
would be important to draw a distinction between the
two. They proposed that the adjective “triggered seismic-
ity” should be used only when a small fraction of stress
change or energy associated with earthquakes is
accounted for by the causative activity. The term ‘induced
seismicity’ should be used where the causative activity is
responsible for a substantial part of the stress change. In
case of triggered seismicity, tectonic loading plays an
important role. The stress-level changes associated with
filling of some of the deepest artificial water reservoirs
are only of the order of 1 MPa or so, whereas the stress
drop associated with the earthquakes is much larger.
Therefore, all cases of earthquakes occurring subsequent
to filling of the artificial water reservoirs fall in the cate-
gory of “triggered earthquakes,” and hence it is appropri-
ate to call it “reservoir triggered seismicity” (RTS).

Artificial water reservoir triggered earthquakes
Generation of hydroelectric power, flood control, and irriga-
tion necessitates creation of huge artificial water reservoirs
globally. Triggering of earthquakes was for the first time
pointed out byCarder (1945) at LakeMead inUSA. Figure 1
depicts Lake Mead water levels and local seismicity for the
period 1936 through 1944. The rise in water level and
corresponding bursts of seismic activity are numbered. The
correspondence is indeed remarkable. Damaging triggered
earthquakes exceeding magnitude six occurred at
Hsingfengkiang, China (1962); Kariba, Zambia–Zimbabwe
border (1963); Kremasta, Greece (1966); and Koyna, India
(1967). Koyna earthquake ofM 6.3 that occurred onDecem-
ber 10, 1967 is so far the largest scientifically accepted



1,200

750

1936 1937 1938 1939 1940 1941 1942 1943 1944

9

9

8

8

7

7

6

6

5

5

4

4

3

3

2

2

1

1

0
20
40
60

N
o.

 o
f s

ho
ck

s 
pe

r
10

 d
ay

 p
er

io
d

80
100
120
140

800
850La

ke
 e

le
va

tio
n-

fe
et

900
950

1,000
1,050
1,100

1,150
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triggered earthquake. It claimed over 200 human lives,
injured about 1,500, and rendered thousands homeless. The
occurrence and potential of triggered earthquakes has
caused major modification of civil works and engineering
projects. Anticipating a large triggered earthquake, the
Hsingfengkiang Dam was strengthened twice before the
occurrence of M 6.1 earthquake on March 20, 1962 (Shen
et al., 1974). The disposal of waste fluid through injection
into the ground at Rocky Mountain Arsenal had to be
discontinued due to triggered earthquakes (Evans, 1966).
The possibility of high magnitude triggered seismicity was
responsible for terminating the Auburn Dam project in Cali-
fornia (Allen, 1978). There is a general reluctance on the part
of Engineering Community, globally, to accept the signifi-
cance or even the existence of the phenomenon of triggered
seismicity (Allen, 1982; Simpson and Leith, 1988). What
Allen (1982) said a quarter century back: “From a purely
economic point of view, not to speak of public safety, the
problem of reservoir induced earthquakes deserves far more
attention than it currently is receiving in most parts of the
world”, is still true.
Reservoir triggered seismicity (RTS): global
distribution
Globally there are about 100 sites where RTS is reported
to have occurred (Table 1). These could broadly be
grouped in the following categories:

1. Sites where largest earthquake exceededM 6.0 (4 sites)
2. Sites where the largest earthquake M was 5.0–5.9 (10

sites)
3. Sites where the largest earthquake M was 4.0–4.9 (29

sites)
4. Sites where the largest earthquake M was less than 4.0

(55 sites)

Table 1 gives a global list of artificial water reservoir
sites where triggered earthquakes of M � 4 are known to
have occurred.
Important factors for RTS
Several studies examined the correspondence among pos-
sible correlates like rate of loading, highest water level
reached, and the duration of retention of high water levels
and the occurrence of RTS. Themost important correlate is
the depth of water column in the reservoir (Baecher and
Keeney, 1982). Figure 2 demonstrates that when the water
column depth exceeds 200 m, about one in five reservoirs
have experienced RTS. A review of recent global exam-
ples gives support to this observation. It must also be noted
that a reservoir with a water volume exceeding 1 km3 and/
or a water depth exceeding 100 m is called a large reser-
voir. Globally, there are more than one thousand such res-
ervoirs and only a small percentage has evidenced RTS.
Common characteristics of RTS sequences
By early 1970s, over a dozen cases of RTSwere known. In
a couple of detailed studies, Gupta et al. (1972a, b) discov-
ered several common characteristics of RTS sequences,
which discriminated them from the normal earthquake
sequences occurring in close by regions but not associated
with reservoirs. These characteristics are:

1. In the earthquake frequency-magnitude relation (log N
= A�b M, where N is the number of earthquakes with
magnitude � M, and A and b are constants), the fore-
shock and aftershock b values of the RTS sequences
are higher than the b values for natural earthquake
sequences in the regions concerned, and the regional
b values.

2. In addition to high b values, the magnitude ratio of the
largest aftershock to the main shock is also high.

3. Aftershock activity decays slowly compared to normal
earthquake sequences.

4. The foreshock–aftershock sequence pattern belongs to
Type II of Mogi’s Model (Mogi, 1963), where as the nat-
ural earthquake sequence pattern belongs to Type I of
Mogi’s Model.



Artificial Water Reservoir Triggered Earthquakes, Table 1 Reported cases of reservoir triggered seismicity (RTS) where M � 4
earthquake occurs

Name of the
dam/reservoir Country

Height of
Reservoir
volume Year of

impounding
Year of the largest
earthquake

Magnitude/
intensity Referencesdam (m) (106 m3)

Sites where earthquakes having magnitude � 6.0 were triggered
Hsinfengkiang China (PRC) 105 13,896 1959 1962 6.1 1, 2, 3
Kariba Zambia Zimbabwe 128 175,000 1958 1963 6.2 1, 2, 6
Koyna India 103 2,780 1962 1967 6.3 1, 2, 4,5
Kremasta Greece 160 4,750 1965 1966 6.2 1, 2, 4,5

Sites where earthquakes having magnitude between 5.0 and 5.9 were triggered
Aswan Egypt 111 1,64,000 1964 1981 5.6 2, 7
Benmore New Zealand 110 2,040 1964 1966 5.0 1, 2, 8
Charvak Uzbekistan 148 2,000 1971 1977 5.3 25
Eucumbene Australia 116 4,761 1957 1959 5.0 2
Geheyan China 151 3,400 1993 1997 VI 22a
Hoover USA 221 36,703 1935 1939 5.0 1, 2, 10
Marathon Greece 67 41 1929 1938 5.7 1, 2, 4,5
Oroville USA 236 4400 1967 1975 5.7 2, 11
Srinagarind Thailand 140 11,750 1977 1983 5.9 28
Warna India 80 1,260 1985 1993 5.0 24

Sites where earthquakes having magnitude between 4.0 and 4.9 were triggered
Aksombo Main Ghana 134 148,000 1964 1964 V 2, 9
Bajina Basta Yugoslavia 90 340 1966 1967 4.5–5.0 2, 5
Bhatsa India 88 947 1981 1983 4.9 20
Bratsk Russia 100 169 1996 4.2 22b
Camarillas Spain 49 37 1960 1964 4.1 2, 4, 5
Canelles Spain 150 678 1960 1962 4.7 2, 4, 5
Capivari–
Cachoeira

Brazil 58 180 1970 1971 VI 17

Clark Hill USA 60 3517 1952 1974 4.3 2, 12
Dahua China (PRC) 74.5 420 1982 1993 4.5 26
Danjiangkou China (PRC) 97 16,000 1967 1973 4.7 16
Foziling China (PRC) 74 470 1954 1973 4.5 16
Grandwal France 88 292 1959 1963 V 1, 2, 4,5
Hoa Binh Vietnam 125 1988 1989 4.9 22c
Kastraki Greece 96 1000 1968 1969 4.6 2
Kerr USA 60 1505 1958 1971 4.9 1, 2, 9
Komani Albania 130 1600 1985 1986 4.2 27
Kurobe Japan 186 149 1960 1961 4.9 2,13
Lake Baikal Russia 4–4.8a 23
Lake Pukaki New Zealand 106 9000 1976 1978 4.6 21
Manicouagan 3 Canada 108 10,423 1975 1975 4.1 2
Marimbondo Brazil 94 6150 1975 1975 IV 18
Monteynard France 155 275 1962 1963 4.9 1, 2, 4,5
Nurek Tadjikistan 317 1000 1972 1972 4.6 1, 2, 14
P. Colombia/
V.Grande

Brazil 40/56 1500/2300 1973–1974 1974 4.2 19

Piastra Italy 93 13 1965 1966 4.4 2, 4, 5
Pieve de Cadore Italy 116 69 1949 1950 V 2, 15
Shenwo China (PRC) 50 540 1972 1974 4.8 16
Vouglans France 130 605 1968 1971 4.4 2, 4, 5
Karun-III Iran 185 2970 2005 2005 4.3 29

References: 1 = (Gupta and Rastogi, 1976); 2 = (Packer et al., 1979); 3 = (Shen et al., 1974); 4 = (Rothe, 1970, 1973); 5 = (Bozovic, 1974);
6 = (Gough andGough, 1970b); 7 = (Toppozada, 1982); 8 = (Adams, 1974); 9 = (Simpson, 1976); 10= (Carder, 1945); 11= (Bufe et al., 1976);
12 = (Talwani, 1976); 13 = (Hagiwara and Ohtake, 1972); 14 = (Soboleva and Mamadaliev 1976); 15 = (Caloi, 1970); 16 = (Oike and
Ishikawa, 1983); 17 = (Berrocal (personal communication), 1990); 18 = (Veloso et al., 1987); 19 = (Berrocal et al., 1984); 20 = (Rastogi
et al., 1986a); 21 = (Reyners, 1988); 22a = (Chen et al., 1996), 22b = (Pavlenov and Sherman, 1996), 22c = (Tung,1996), 23 = (Djadkov,
1997), 24 = (Rastogi et al., 1997b); 25 = (Plotnikova et al., 1992); 26 = (Guang, 1995); 27 = (Muco, 1991b); 28 = (Chung and
Liu, 1992); 29 = (Abas Kangi and Nematollah Heidari, 2008) (updated from Gupta 2002)
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Artificial Water Reservoir Triggered Earthquakes,
Figure 2 Height of water column is the most important
correlate (After Stuart-Alexander and Mark, 1976).

Artificial Water Reservoir Triggered Earthquakes,
Figure 3 Impoundment of water reservoir increases
heterogeneity. (a): Homogeneous rock volume before
impoundment. (b): After impoundment. For a, earthquake
sequence falls under Type 1 of Mogi’s (1963) models: no
foreshocks and a few aftershocks. For b, earthquake sequence
falls under Type 2 of Mogi’s (1963) models: considerable
foreshock activity. For details see text.
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The above-mentioned observations are governed by
the mechanical properties of the media, and their
deviation from the normal implies changes in these prop-
erties consequent to impoundment of the artificial water
reservoir. It can be best illustrated by a sketch shown in
Figure 3. “A” in this figure is a homogenous media
rock volume. When the stress exceeds the strength of the
rock, there would be a major event releasing most of the
strain, followed by peripheral adjustment aftershocks. In
such a sequence, there would not be any foreshocks before
the major event. The aftershock activity would be over in
a short time, the ratio of the largest aftershock to the main
event would be low, and the b value would be low. This is
typically the situation with the earthquake sequences in
stable continental regions not associated with the reservoir
loading. Due to filling of the water reservoir, the heteroge-
neity of the media increases (“B” in Figure 3), and the rock
volume gets fragmented, and the accumulated stress is
released by smaller rock volumes. In such a situation, the
events would start occurring as and when the strength of an
individual rock volume is exceeded. The main event would
correspond to the largest rock volume and there would be
events before it and after it, changing the pattern from Type
I of Mogi’s Model to Type II. The ratio of the magnitude
of the largest aftershock to the main shock would be high,
and the b value of the foreshock sequence aswell as the after-
shock sequence would be high. This is what is observedwith
RTS sequences.
Mechanism of triggered earthquakes
In the following we give a gist of major milestones in com-
prehending the phenomenon of triggered earthquakes.

The foundation of understanding the phenomenon of
triggered earthquakes was laid by the study of the waste-
fluid-injection-induced earthquakes in the vicinity of
Rocky Mountain Arsenal Well near Denver, Colorado,
USA, in early 1960s (Evans, 1966). There are three main
effects of reservoir loading relevant to triggering of earth-
quakes as pointed out by Gough and Gough (1970b) and
several others:

1. The elastic stress increase following filling of the
reservoir

2. The increase in pore fluid pressure in saturated rocks,
basically due to decrease in pore volume due to com-
paction, in response to increase in elastic stress

3. Pore-pressure changes related to fluid migration

Gough and Gough (1970a, b) provided the first defini-
tive quantitative analysis of the role of the load of the
water reservoir in triggering earthquakes at Lake Kariba.
The role of reservoir load was also considered by Bell
and Nur (1978) and Roeloffs (1988). They pointed out that
reservoir-load-induced stresses at seismogenic depths are
very small and can only perturb the ambient stress field.
Gupta et al. (1972a, b) identified the rate of increase of res-
ervoir water levels, maximum water levels reached, and
the duration of retention of high water levels as factors
affecting the frequency and magnitude of triggered earth-
quakes. The influence of pore fluid pressure in inducing
earthquakes in very simple 1 D reservoir models was
presented by Snow (1972). More sophisticated models
were dealt by Withers and Nyland (1976), Bell and Nur
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(1978), and Roeloffs (1988) based on Biot’s (1941) con-
solidation theory, which later on is generalized by Rice
and Cleary (1976) by recognizing that the fluids too may
be compressible. Very interesting results related to model-
ing of pore-pressure diffusion have been reported for Acu
Reservoir in Brazil (Do Nascimento et al., 2004).

Pore-pressure diffusion plays a very important role in
the triggering of the earthquakes. However, there are
a very few direct measurements of diffusivity, and it is
mostly inferred from the temporal migration of seismicity.
Talwani et al. (1999) have reported in situ measurements
of hydrological diffusivity and Skempton’s coefficient at
the Bad Creek Reservoir in South Carolina, USA. At an
observation well located 250 m away from the reservoir,
a change in the water level of the well had a direct corre-
spondence with the changes in the water level of the reser-
voir, initially with a delay of 98 h, which later stabilized at
72 h. This led to a frequency independent estimate of dif-
fusivity of �0.076 m2 s�1 and Skempton’s coefficient of
0.66 for an undrained response of the reservoir. Later,
Talwani et al. (2007) analyzed more than 90 case histories
of triggered seismicity and found diffusivity to vary
between 0.1 and 10 m2 s�1. This range of diffusivity
values corresponds to a range of intrinsic permeability
between 5 � 10�16 and 5 � 10�14 m2. Talwani et al.
(2007) referred this range of the permeability of fractures
as seismogenic permeability. Seismogenic permeability
is an intrinsic property of fractures where pore-pressure
diffusion is associated with seismicity.

The in situ measurements of physical properties and
examination of physical mechanism controlling trig-
gered seismicity at Monticello Reservoir, South Carolina,
USA, provided the much needed field verification of the
theoretical and model developments of concept of trig-
gered seismicity (Zobak and Hickman, 1982). The effect
of changes in lake levels and other derived parameters on
triggered earthquakes have been dealt by Simpson and
Negmatullaev (1981) for the Nurek Dam, and by Gupta
(1983) for the Koyna Dam. The part played by pore-
pressure diffusion in triggering earthquakes has been dealt
by Talwani and Acree (1984/1985). The effect of inhomo-
geneities in rock properties on triggering earthquakes was
addressed by Simpson and Narasimhan (1990).

Most of the theoretical models discussed the effect of
pore fluid pressure in isotropic rocks. Chen and Nur
(1992) point out that deviatory effects of pore fluid pres-
sure in anisotropic rocks have wide applications in
comprehending triggered seismicity, earthquake precur-
sors, and aftershocks. This approach needs to be applied
to a few cases of RTS.

Other interesting studies include the notion of fault sta-
bility as a measure of the interplay of frictional stresses
mobilized and the resolved shear stresses acting on a fault
Chander and Kalpna (1997). Kalpna and Chander (2000)
have developed an algorithm for simulation of stresses
and pore pressure for more realistic laterally finite 3D
models of reservoirs.
Koyna, India
Koyna reservoir located close to the west coast of India
continues to be the most significant site of triggered earth-
quakes. Earthquakes began to occur soon after the
impoundment of the Shivaji Sagar Lake created by the
Koyna Dam in 1962. So far, globally, the largest triggered
earthquake of M 6.3 on December 10, 1967; 22 earth-
quakes of M � 5; about 200 earthquakes of M � 4; and
several thousand smaller earthquakes have occurred in
the region. Talking to residents in the region in the 1960s
revealed that they had not experienced any earthquake in
the region in their living memory. There is a seismic sta-
tion operating at Pune, about 120 km away from Koyna.
A scrutiny of the seismograms revealed no earthquakes
that could be assigned to the Koyna region. Another water
reservoir, Warna, was impounded in 1985. This reservoir
is located 35 km SSE of Koyna (Figure 4). After the
impoundment of Warna reservoir, the triggered activity
got enhanced. For convenience, we shall call the Koyna
and the Warna reservoirs region as the Koyna region.
Major bursts of seismic activity associated with the Koyna
reservoir occurred in 1967, 1993, 1980, 1993–1994,
2005, and 2009.
How long triggered earthquakes will continue
at Koyna?
Koyna is indeed a unique site where triggered earthquakes
have been occurring since the impoundment of the reser-
voir in 1962. Gupta et al. (2002) have examined in detail
the question as to how long the triggered earthquakes
would continue at Koyna. The maximum credible earth-
quake for the Indian shield region has been estimated to
be M 6.8. It is hypothesized that the region between
Koyna and Warna was stressed close to critical before
the impoundment of the Koyna reservoir, and was capable
of generating an M 6.8 earthquake. As demonstrated
through the study of b values in earthquake magnitude-
frequency relation, foreshock–aftershock patterns, the
ratio of the magnitude of the largest aftershock to the main
shock and the decay of aftershock activity in earthquake
sequences at Koyna, the heterogeneity of the media has
increased. None of the M � 5 earthquake has occurred at
the same location. M � 5 earthquakes occur in Koyna
region when the previous water maximum in the reservoir
has been exceeded. Long time ago, Kaiser (1953) had
reported that acoustic emission, under monotonically
increasing stress, shows an appreciable increase after the
applied stress exceeds the previously applied stress max-
ima. This approach has been successfully used by
Yoshikawa and Mogi (1981) to estimate crustal stresses
from cored samples. For the Nurek Dam also, it was
reported that major triggered events occurred when water
level in the reservoir reached the previous maximum and
exceeded it (Simpson and Negmatullaev, 1981). Gupta
et al. (2002) had concluded that as of 2002, about one-half
of an M 6.8 earthquake energy has been released in the



Artificial Water Reservoir Triggered Earthquakes, Table 2 Events preceding M � 4.0 earthquakes in Koyna region

Main earthquake
Duration of
nucleation period (h)

No. of events before the main earthquake

M 1.0–1.9 M 2.0–2.9 M 3.0–3.9 Largest earthquake
50 h prior to beginning
of nucleation period

30th August 2005 M 4.8 110 13 8 0 2.6 2
13th November 2005 M 4.0 160 18 8 1 3.0 3
26th December 2005 M 4.2 150 22 8 0 2.9 6
17th April 2006 M 4.7 380 40 10 0 2.7 2
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Koyna region, and the activity should continue for another
3–4 decades. Due to increase in heterogeneity, no fault
segment long enough to generate an M > 6 earthquake is
left intact; so an earthquake like the December 10, 1967,
may not occur. The occurrence of M � 5 earthquakes
would be governed by the fact whether the previous water
maximum has been exceeded, and other factors such as the
rate of loading, the highest water levels reached, and the
duration of the retention of high water levels.
Short-term earthquake forecast at Koyna
A case was made that short-term earthquake forecast may
be feasible at Koyna (Gupta, 2001). This was based on the
fact that the shallow (depth � 10 km) seismic activity in
the vicinity of the Koyna is confined to an area of 20 �
30 km2, and there is no other seismic source within 50 km
radius. Every year, following the rainy season, the reser-
voirs get filled and there is an enhancement of seismic
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Artificial Water Reservoir Triggered Earthquakes, Figure 6 Symbols as in Figure 5. (a), Events that occurred during
107 h (11–16 May) preceding identification of nucleation. (c), Temporal-depth plot of the events within the 10 km radius circle.
Nucleation was inferred to have started 107 h before, where 0 h is put on the time axis. (b), Seismic activity from 13:35 UTC on 16 May
till the occurrence of the M4.2 earthquake on 21st May 2006, on the right side of (c).

Artificial Water Reservoir Triggered Earthquakes,
Table 3 Forecast of 21st May, 2006, M 4.2 earthquake in Koyna
on 16th May, 2006

Forecast parameters Occurrence

Epicenter Within 10 km radius of
17.1�N, 73.8�E

17.171�N, 73.777�E

Magnitude �4 4.2
Time Within 15 days of 16th

May 2006, i.e., until
20:29:01 UTC

31st May 2006 On 21st May 2006
Focal depth Less than 8 km 4.7 km
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activity. From among earthquake precursors, foreshocks are
important and have a potential in forecasting earthquakes
(Dodge et al., 1996; Helmestetter et al., 2003). Ohnaka
(1992) has noted that immediate foreshock activity is
a part of the nucleation process leading to main-shock
dynamic rupture. Gupta et al. (2007) have reported success-
ful earthquake forecast in Koyna based on identification of
nucleation in real time. The seismic activity in the Koyna
region is monitored by a closely spaced network of seven
modern seismic stations. Table 2 from Gupta et al. (2007)
is the learning phase where four earthquakes of M 4.0 to
M 4.8 were found to be preceded by well-defined nucle-
ation where several events occurred in a tight cluster of less
than 10 km radius (Figure 5a–d). It was realized that if the
formation of nucleation could be identified in real time
before the occurrence of the main shock, it may be possible
to make a short time forecast.

During the middle of May 2006, an interesting situation
developed. The events in the Koyna region for the period
11–16thMay, 2006, are depicted in Figure 6a (Gupta et al.,
2007). By the afternoon of 16thMay, 2006, some 50 events
of M� 1.0, the largest beingM2.7, had occurred in the pre-
ceding 107 h in a small area, the focal depth being between
2 and 8 km. It was inferred that the region is going through
a nucleation phase. Based on the experience of previous
nucleation, the following forecast was made at 19:05 IST
and communicated to the Editor of Current Science, Secre-
tary, Ministry of Earth Sciences of the Government of India,
and the President of the Geological Society of India: “On the
basis of the data available from seven seismic stations operat-
ing in the Koyna region, we have identified a nucleation
which started on 12thMay 2006. This may lead to the occur-
rence of anM� 4 earthquake in the next 15 days. This shal-
low earthquake (focal depth less than 8 km)will occur within
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a radius of 10 km centered at 17.1�N, 73.8�E. On the basis of
our previous experience of studying nucleation-preceding
earthquakes in the Koyna region, we expect this earthquake
to occur over the next 15 days time (till 31stMay, 2006), with
a 50%probability.”Anearthquake of M4.2 occurred on 21st
May. Table 3 gives the comparison of forecasted parameters
and that of 21st May, 2006, earthquake. Since 2005, six
similar short-term forecasts have been made in the Koyna
region and all have come true.
Summary
In this article, we provide a thumbnail review of studies of
global occurrence of artificial water reservoir triggered earth-
quakes, with a special emphasis on Koyna, India. Consider-
ing the small changes in the stress regime caused by filling
of the deepest reservoirs compared to the stress drop of the
associated earthquakes, it is appropriate to replace “reser-
voir-induced seismicity” by “reservoir triggered seismicity.”

Koyna continues to be the most significant sight of RTS
globally. The latest M> 5 earthquake occurred on Decem-
ber 12, 2009 (M 5.1).

At Koyna, earthquakes of M 4–5 are often preceded by
well-defined clusters of foreshocks of M � 3, referred as
nucleation that is found to last typically 100–400 h. Iden-
tification of nucleation in real time has led to successful
short-term forecasts of M � 4 earthquakes.

Study of RTS provides exceptionally good input to
comprehend physics of earthquakes, finding safer sites
of creating artificial water reservoirs and bringing us
closer to accurate short-term earthquake forecasts.
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Definition
Biogeophysics. Sub-discipline of exploration geophysics
focusing on the geophysical signatures resulting from
microbial interactions with geologic media.

Introduction
Geophysical imaging techniques have the potential to
measure not just the subsurface physical and chemical
properties, as geophysics is conventionally used, but
also microbes, microbial processes, and microbe-mineral
interactions. “Biogeophysics” is defined here as a rapidly
evolving discipline of exploration geophysics concerned
with the geophysical signatures of microbial interac-
tions with geologic media that combines the fields of
Microbiology, Biogeoscience, andGeophysics (Atekwana
and Slater, 2009) (Figure 1). Within this context,
biogeophysics examines the links between dynamic sub-
surface microbial processes, microbial-induced alterations
to geologic materials, and geophysical signatures.We note
that the term biogeophysics is also used in other disci-
plines (a) to describe research into the origins of life, and
(b) to describe fluxes of energy, water, and momentum
between earth surface and the atmosphere. Our use of the
term describes how it has been adopted by the exploration
geophysics community in recognition of the geophysical
signatures of microbial activity.

These geophysical signatures may arise from, (1) micro-
bial cells and extracellular structures themselves, (2) growth
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
of microorganisms (production of biomass) and biofilm for-
mation, (3) generation of metabolic by-products and the
interactions of these metabolites with the host material, and
(4) microbially mediated processes. The geophysical signa-
tures arising from each of these four source mechanisms
are described below.

Geophysical detection of cells and biofilms
Microbial cells and biofilms exhibit distinct electrical
properties, and certain (magnetotactic) bacteria also dis-
play unique magnetic characteristics. The membrane
potential (the voltage drop across the membrane due to
the negatively charged molecules inside cells) of live cells
results in an accumulation of mobile electric-charge car-
riers at membrane surfaces. When live cells are placed in
time-oscillating electric fields, these charges move on
the surface of the membrane, giving rise to high polariza-
tions for cellular suspensions that are readily measured
with dielectric spectroscopy. As the mobility of these sur-
face charges is relatively small, this effect is manifested at
low frequencies, such that the relative dielectric permittiv-
ity of live-cell suspensions can be as high as 106 (Prodan
et al., 2004; Stoy et al., 1982). The outer and inner cell
radii, diffusion constants, andmembrane potential all have
a very distinct effect on broadband dielectric spectroscopy
data (Prodan et al., 2008). Polarization enhancement is
also observed when microbial cells are present in high
concentrations in porous media (Ntarlagiannis et al.,
2005), although additional polarization mechanisms asso-
ciated with mineral surfaces may obscure the signal. This
polarization is enhanced when cells are more preferen-
tially adsorbed onto mineral surfaces (Abdel Aal et al.,
2009).

The magnetic properties of soils and rock are altered
by a diverse group of prokaryotes that exert a significant
control over magnetite formation in two ways that dif-
fer mechanistically: biologically induced mineralization
90-481-8702-7,
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(BIM) and biologically controlled mineralization (BCM)
(Jimenez-Lopez et al., 2010). Biologically induced mag-
netite formation is indistinguishable from magnetite
formed by inorganic processes; however, biologically
controlled magnetite formation is distinct and produced
by magnetotactic bacteria (Jimenez-Lopez et al., 2010).
These magnetotactic bacteria biomineralize intracellular,
membrane-bound, single-magnetic-domain crystals of
the magnetic minerals magnetite and/or greigite called
magnetosomes (Bazylinski and Frankel, 2004).
Magnetotactic bacteria are typically found in a wide vari-
ety of aquatic environments (e.g., fresh water lakes) with
the highest numbers occurring mostly at oxic–anoxic
interfaces. The presence of magnetotactic bacteria in sed-
iments is often used as a proxy for paleoenvironmental/
climatic conditions, and the presence of magnetosomes
in sediments and other secondary magnetic minerals pro-
duced by microbial activity likely impacts the magnetic
properties of the subsurface recorded with magnetic geo-
physical techniques as has been demonstrated at hydrocar-
bon contaminated sites (Rijal et al., 2010).

Biofilms (an attached state of cell growth, whereby
cells are closely packed and firmly attached to each other)
further alter the geophysical properties of soils. Low-
frequency electrical measurements respond to self-
limiting microbial growth/cell attachment and biofilm
formation in porous media, as well as death and lyses of
cells (Davis et al., 2006). Electrical polarization may result
from the electrical properties of the biofilm itself or from
the modification of grain surfaces due to cell attachment.
Biofilms also alter the acoustic properties of porous
media, with biofilm growth in soil columns resulting in
spatial complexity of acoustic amplitudes (Davis et al.,
2009). Such variations likely arise from a non-uniform
distribution of microbial activity or heterogeneity in the
biomass distribution and biofilm morphology (e.g., varia-
tions in biofilm thickness, roughness, hydration, etc.).

Geophysical detection of metabolic by-products
and mineral weathering
Microbial metabolism enhances the weathering of minerals
through the attachment, growth, and colonization of mineral
surfaces bymicroorganisms (Bennett et al., 1996).Metabolic
by-products, including biogenic gasses (e.g., CO2, H2S,
CH4, etc.), organic acids, and biosurfactants, all affect electri-
cal properties of porous media. Microbial production of
organic acids and biosurfactants adds ions to solution,
increasing electrolyte concentration of pore fluids (Cassidy
et al., 2001). Organic acids enhance mobility of sparingly
soluble metals and also increase the number of reaction sites,
thus accelerating mineral weathering (Hiebert and Bennett,
1992). Enhanced mineral dissolution catalyzed by increased
organic acid concentration can lead to physical changes in
grain surface morphology, surface area, surface roughness
and the generation of secondary porosity and increased per-
meability (McMahon et al., 1992). These changes in porosity
affect acoustic wave propagation by altering grain contact
coupling, and changes in surface area/roughness drive
changes in electrical polarization. Biogenic gasses reduce
bulk electrical conductivity and enhance attenuation of seis-
mic signal amplitudes.

The effects of metabolic by-products on geophysical
properties have been recorded in hydrocarbon contami-
nated environments (Abdel Aal et al., 2004; Werkema
et al., 2003). Such sites are natural bioreactors where
excess organic substrates stimulate microbial activity.
Enhanced mineral weathering in hydrocarbon contami-
nated aquifers (Hiebert and Bennett, 1992; McMahon
et al., 1995), increases pore fluid conductivity and thereby
bulk conductivity sensed with a range of electromagnetic
methods (Abdel Aal et al., 2004; Atekwana et al., 2004;
Sauck et al., 1998). Elevated bulk conductivity is therefore
found where intrinsic bioremediation and enhanced min-
eral weathering are occurring. These zones of highest bulk
electrical conductivity may coincide with the highest per-
centages of oil degrading microbial populations, with spa-
tial heterogeneity in the microbial community structure
and shifts in the microbial community concomitant with
vertical changes in bulk electrical conductivity (Allen
et al., 2007). Biogenic methane production by archea in
anaerobic soils can result in extensive free-phase gas pro-
duction that reduces dielectric permittivity and electrical
conductivity (Comas and Slater, 2007).

Geophysical detection of microbially mediated
redox processes
Microbial metabolic activity is a critical driver of redox
chemistry because microbes derive energy from
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oxidation-reduction reactions (the transfer of electrons
from one reactant to the other). Terminal electron accep-
tors (TEAs) govern nutrient utilization bymicrobes during
the breakdown of organic carbon (Cozzarelli et al., 1999).
Microbial respiration consequently results in reduced con-
ditions, and strong redox gradients in the Earth typically
develop in the presence of heterotrophic bacteria. Signifi-
cant changes in Eh and pH result in new mineral stability
fields in which some minerals become unstable and are
dissolved and mobilized, whereas others may precipitate
from solution. As TEAs are consumed, changes in pore
fluid chemistry may drive changes in pore fluid conductiv-
ity, thereby affecting bulk electrical conductivity.

Strong electrical potentials associated with current
sources in the Earth are correlated with redox gradients
recorded at sites where microbial degradation of hydrocar-
bons is occurring (Minsley et al., 2007; Naudet et al.,
2003). Such large potentials require geobatteries traditionally
invoked to explain very large (�1.0 V) potential gradients
due to internal current sources recorded over electronically
conductive ore bodies straddling the large redox gradient
provided by the water table (Sato and Mooney, 1960).
Biogeobatteries may occur in conjunction with a strong
redox gradient between highly reducing conditions below
the water table within a contaminant plume and an oxidized
zone above the water table if microbial activity can generate
the required electron bridge (Revil et al., 2010). Possible
mechanisms facilitating electron migration include iron
oxides, clays, and conductive biological materials (Revil
et al., 2010). Metal reducing organisms, such as Shewanella
and Geobacter, produce electrically conductive appendages
called bacterial nanowires thatmay facilitate electron transfer
to solid-phase electron acceptors (Reguera et al., 2005).
However, the ability of biofilms to facilitate electron trans-
port over the scale of the groundwater interface is unknown
although new evidence suggests that such electron transfer
can take place at millimeter scales (Nielsen et al., 2010).
Nonetheless, more studies are needed to confirm this new
finding.
Geophysical detection of microbe-mineral
transformations
Biogeochemical processes result in mineral precipitation
that alters the physicochemical properties of the grain sur-
faces. When microbial-induced precipitation is extensive,
the volumetric physical properties of porous media are
modified. In anaerobic environments, iron-reducing bac-
teria and sulfate-reducing bacteria can use Fe(III) and sul-
fate respectively as terminal electron acceptors. Ferrous
iron produced by iron reducing bacteria promotes the pre-
cipitation of electrically conductive secondary minerals
such as siderite (FeCO3), magnetite (Fe3O4), and goethite
(FeOOH) (Fredrickson et al., 1998). Sulfide produced dur-
ing microbial sulfate reduction can react with iron (II) pro-
duced by iron reducing bacteria to precipitate iron sulfide
minerals. Strong seismic and electrical signatures are
generated as a result of microbe-induced ZnS and FeS
precipitation (Williams et al., 2005). Decreases in seismic
wave amplitude result from the development of differen-
tial elastic moduli associated with accumulation of metal
sulfide-encrusted microbes within pores (Williams et al.,
2005). Electrical signals result from the formation, move-
ment and dissolution of electronically conductive
biominerals that profoundly enhance the polarization of
a porous medium. These electrical signals may be diag-
nostic of both the concentration and the distribution of
the biominerals throughout a porous medium (Slater
et al., 2007).

Geophysical signals also result when microbial
processes involve the precipitation of semi-metallic or
non-metallic minerals, e.g., metabolically induced calcite
precipitation by bacterial hydrolysis of urea (Ferris et al.,
1995). Relative to metallic minerals, smaller electrical sig-
nals result from changes in pore volume/pore tortuosity
and/or surface area/surface roughness driven by precipita-
tion of non-metallic minerals (Wu et al., 2010). Calcite
precipitation induced by bacteria has been shown to form
cements in porous media and affect subsurface fluid flow
(Ferris et al., 1995). Such cements profoundly change
the elastic properties of soils and rocks, particularly when
ureolysis is stimulated to form calcite cement that acts to
stiffen the soil matrix (DeJong et al., 2010). Shear waves
are well suited to monitoring changes in the particle soil
matrix due to precipitation as shear velocity (Vs) is largely
unaffected by pore fluid composition and directly depen-
dent on void ratio, coordination number (average number
of surrounding particles a given particle is in contact with)
and confining stress (DeJong et al., 2010). Large changes
in shear-wave velocity accompany stiffening result from
initial binding of microbes to the soil matrix, suggesting
that relatively small volumes of precipitates can generate
large geophysical signals.
Summary
Only a decade ago it seemed inconceivable to suggest that
microbial processes could potentially impact geophysical
signatures. However, today is it clear that geophysical
signatures result from a range of microbial processes
covering the scale of an individual cell to the scale of con-
taminant plumes in the Earth. A pressing question in
Biogeophysics is how to quantify the geophysical signa-
tures of microbial processes through the development of
appropriate modeling frameworks. Success in this venture
will likely involve multidisciplinary research between
geophysicists, biogeochemists, and microbiologists.
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Synonyms
Energy waves generated by an earthquake or an artificial
explosion

Definition
Waves consist of a disturbance in materials (media) that
carries energy and propagates. However, the material that
the wave propagates in generally does not move with the
wave. The movement of the material is generally confined
to small motions, called particle motion, of the material as
the wave passes. After the wave has passed, the material
−0.2

0

0.2

−0.2

0

0.2

V
el

oc
ity

 (
m

m
/s

)

−0.2

0

0.2

P-wave

S-wave

Body Waves, Figure 1 P- and S-wave recorded in a three-compon
usually looks just like it did before the wave, and, is in
the same location as before the wave. When stress builds
up in the Earth to such a level that rapid slip occurs on
a fracture (i.e., an earthquake takes place) or when an
explosion or mechanical device is used to initiate
a seismic disturbance artificially, a complex field of seis-
mic waves is generated. This wave field propagates much
like the waves that travel away from the point at which
a stone is thrown into a pond. Waves that travel through
the interior of the Earth are called bodywaves. Bodywaves
travel through the interior of the Earth. They follow ray
paths bent by the varying density and modulus (stiffness)
of the Earth’s interior. The density and modulus, in turn,
vary according to temperature, composition, and phase.
These waves are usually observed at higher frequency.
Types of body waves
There are two main kinds of body waves: P-waves and
S-waves, so-named because they are the primary and sec-
ondary waves detected by a seismograph (Figure 1). The
P-wave is always the first wave to arrive at a seismometer,
closely followed by its reflection from the surface and
S-waves arrive next. P-waves, or compressional waves,
are longitudinal waves (wave motion in the direction the
wave is traveling). S-waves are transverse waves or shear
waves, involving a back-and-forth shearing motion at
right angles to the direction the wave is traveling
(Figure 2). Body waves are reflected and transmitted at
interfaces where the seismic velocity and/or density
changes, obeying Snell’s Law. At such an interface, or dis-
continuity, some of the energy of an incident body wave
is reflected as a P-wave, some as an S-wave, some is
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transmitted as a P-wave and some as an S-wave. The nota-
tion for the various seismic ray paths within the Earth are
as follows:

When an earthquake occurs, seismic waves are emitted
from the focus (hypocenter); there are several paths that it
can take through the Earth before emerging again at the
surface. These paths (refer to Figure 3) are symbolized
by the letters: p = P-wave arrival from a path that traveled
upward from the focus (hypocenter); pP = P-wave arrival
from a path that traveled upward from the focus, reflected
off the surface of the Earth, then arrived back at the sur-
face; P = P-wave arrival from a path that traveled down-
ward from the focus (hypocenter); PP = P-wave reflected
off the surface once; PPP = P-wave reflected off the sur-
face twice; c = a reflection off the outside of the outer sur-
face of the outer core – note that this is the principle cause
of multiple arrivals of P- and S-waves right at the epicen-
ter; K = a travel path (refraction) through the outer core;
KK = one reflection on the inside outer surface of the outer
core; KKK = two reflections off the inside outer surface of
the outer core; i = a reflection off the outside of the outer
surface of the inner core; I = a travel path (refraction)
through the inner core. These letters can be used to indi-
cate the path of a seismic wave through the Earth
(Figure 3). For example PKiKP indicates that the wave
traveled downward from the focus, refracted through the
outer core, reflected off the surface of the inner core, trav-
eled through the outer core, and then traveled through the
mantle to arrive at the surface. SKiKS is the same path, but
an S-wave. Because liquids have no resistance to shear
and cannot sustain a shear wave, S-waves cannot travel
through liquid material. The Earth’s outer core is believed



VL1′

θ1
θ1

θ2
VL2

VL1

Body Waves, Figure 4 Reflected (VL10 ) and refracted (VL2 )
longitudinal waves.

Rock
Type 1

Rock
Type 2

Body Waves, Figure 5 Velocity in rock type 2 is greater than
velocity in rock type 1.

BODY WAVES 31
to be liquid because S-waves disappear at the mantle–core
boundary, while P-waves do not.

Wave propagation
Seismic body waves propagate through the Earth’s inte-
rior. Because of the elastic properties of the Earth’s mate-
rials (rocks) and the presence of the Earth’s surface, four
main types of seismic waves propagate within the Earth.
Compressional (P) and Shear (S) waves propagate through
the Earth’s interior.

Waves on a seismogram
If we look at a seismogram, we expect to see the first wave
to arrive to be a P-wave (the fastest), then the S-wave, and
finally, the Love and Rayleigh (the slowest) waves. As
you might expect, the difference in wave speed has
a profound influence on the nature of seismograms. Since
the travel time of a wave is equal to the distance the wave
has traveled divided by the average speed the wave moved
during the transit, we expect that the fastest waves arrive at
a seismometer first. The fact that the waves travel at
speeds that depend on the material properties (elastic mod-
uli and density) allows us to use seismic-wave observa-
tions to investigate the interior structure of the planet.
We can look at the travel times, or the travel times and
the amplitudes of waves to infer the existence of features
within the planet, and this is an active area of seismologi-
cal research. To understand how we “see” into Earth using
vibrations, we must study how waves interact with the
rocks that make up Earth. Several types of interaction
between waves and the subsurface geology (i.e., the rocks)
are commonly observable on seismograms.We will exam-
ine the two simplest types of interaction refraction and
reflection.

Refraction
As a wave travels through Earth, the path it takes depends
on the velocity. Perhaps you recall from high school
a principle called Snell’s law, which is the mathematical
expression that allows us to determine the path a wave
takes as it is transmitted from one rock layer into another.
Snell’s law describes the relationship between the angles
and the velocities of the waves. Snell’s law equates the
ratio of material velocities V1 and V2 to the ratio of the
sines of incident (y1) and refracted (y2) angles, as shown
in the following equation:

sin y1
VL1

¼ sin y2
VL2

(1)

where VL1 is the longitudinal wave velocity in material 1
and VL2 is the longitudinal wave velocity in material 2.

Note that in Figure 4, there is a reflected longitudinal
wave (VL10 ) shown. This wave is reflected at the same
angle as the incident wave because the two waves are trav-
eling in the same material, and hence have the same veloc-
ities. This reflected wave is unimportant in our
explanation of Snell’s law, but it should be remembered
that some of the wave energy is reflected at the interface.
When a longitudinal wave moves from a slower to
a faster material, there is an incident angle that makes
the angle of refraction for the wave 90�. This is known
as the first critical angle. The change in direction depends
on the ratio of the wave velocities of the two different
rocks. When waves reach a boundary between different
rock types, part of the energy is transmitted across the
boundary. The actual interaction between a seismic wave
and a contrast in rock properties is more complicated
because an incident P-wave generates transmitted and
reflected P- and S-waves and also an incident S-wave gen-
erates transmitted and reflected P- and S-waves, so five
waves are involved. The transmitted wave travels in
a different direction, which depends on the ratio of veloc-
ities of the two rock types (Figures 5 and 6). Part of the
energy is also reflected backwards into the region with
rock type 1, but we have not shown that on these figures.
Refraction has an important effect on waves that travel
through Earth. In general, the seismic velocity in Earth
increases with depth (there are some important exceptions
to this trend) and refraction of waves causes the path
followed by body waves to curve upward (Figure 7).
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Reflection
The second wave interaction with variations in rock type
is reflection. I am sure you are familiar with reflected
sound waves: we call them echoes. And your reflection
in a mirror or pool of water is composed of reflected light
waves. In seismology, reflections are used to prospect for
petroleum and investigate Earth’s internal structure. In
some instances, reflections from the boundary between
the mantle and crust may induce strong shaking that
causes damage about 100 km from an earthquake (we call
that boundary the “Moho” in honor of Mohorovicic, the
scientist who discovered it). A seismic reflection occurs
when a wave impinges on a change in rock type (which
usually is accompanied by a change in seismic-wave
speed). A part of the energy carried by the incident wave
is transmitted through the material (that is the refracted
wave described above), and a part is reflected back into
the medium that contained the incident wave (Figure 8).
The amplitude of the reflection depends strongly on the
angle that the incident wave makes with the boundary
and the contrast in material properties across the boundary.
For some angles, all the energy can be returned into
the medium containing the incident wave. An incident
P-wave generates transmitted and reflected P- and
S-waves and so five waves are involved. Likewise, when
an S-wave interacts with a boundary in rock properties,
it too generates reflected and refracted P- and S-waves.
Because major boundaries between different rock types
within the Earth are normally approximately parallel to
the Earth’s surface, S-wave particle motion is commonly
in the SV (perpendicular to the ray path and vertical) and
SH (perpendicular to the ray path and horizontal) direc-
tions. P-waves travel faster than S-waves, so there will
be separate wave front representations for the P- and
S-waves (Figure 9). If the physical properties of the mate-
rial through which the waves are propagating are constant,
the wave fronts will be circular (or spherical in three
dimensions). If the physical properties vary in the model,
the wave fronts will be more complex shapes. In the trans-
verse or shear wave, the particles oscillate at a right angle
or transverse to the direction of propagation. Shear waves
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require an acoustically solid material for effective propa-
gation, and therefore, are not effectively propagated in
materials such as liquids or gases. Shear waves are rela-
tively weak when compared to longitudinal waves. In fact,
shear waves are usually generated in materials using some
of the energy from longitudinal waves.

Velocity
Among the properties of waves propagating in isotropic
solid materials are wavelength, frequency, and velocity.
The wavelength (l) is directly proportional to the velocity
of the wave (C) and inversely proportional to the fre-
quency ( f ) of the wave. The phase velocity of a seismic
wave can be written as:

C ¼ o=k; (2)

where o ¼ 2pf is the angular frequency and k ¼ l=2p is
wave number.

Velocity of P- and S-waves
Seismic waves travel fast, of the order of kilometers per
second (km/s). The precise speed that a seismic wave
travels depends on several factors, the most important of
which is the composition of the rock. We are fortunate that
the speed depends on the rock type because it allows us to
use observations recorded on seismograms to infer the
composition or a range of compositions of the planet.
But the process is not always simple, because sometimes
different rock types have the same seismic-wave velocity,
and other factors also affect the speed, particularly
temperature and pressure. Temperature tends to lower
the speed of seismic waves and pressure tends to
increase the speed. Pressure increases with depth in Earth
because the weight of the rocks above increases with
increasing depth. Usually, the effect of pressure is larger
and in regions of uniform composition, the velocity gener-
ally increases with depth, despite the fact that the increase
of temperature with depth works to lower the wave veloc-
ity. When the different seismic-wave types are described
below, I will quote ranges of speed to indicate the range
of values we observe in common terrestrial rocks. But
you should keep in mind that the specific speed through-
out Earth will depend on composition, temperature, and
pressure.

P-waves
P-waves are the first waves to arrive on a complete record
of ground shaking because they travel the fastest (their
name derives from this fact –P is an abbreviation for pri-
mary, first wave to arrive). They typically travel at speeds
between �1 and �14 km/s. The slower values corre-
sponds to a P-wave traveling in water, the higher number
represents the P-wave speed near the base of Earth’s man-
tle. The velocity of a wave depends on the elastic proper-
ties and density of a material. If we let k represent the bulk
modulus of a material, m the shear modulus, and r the
density, then the P-wave velocity, which we represent by
CP, is defined by:

CP ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
lþ 2m

r

s
(3)

A modulus is a measure of how easy or difficult it is to

deform a material. For example, the bulk modulus is
a measure of how a material changes volume when pres-
sure is applied and is a characteristic of a material. For
example, foam rubber has a lower bulk modulus than
steel. P-waves are sound waves, it is just that in seismol-
ogy we are interested in frequencies that are lower than
humans’ range of hearing (the speed of sound in air is
about 0.3 km/s). The vibration caused by P-waves is
a volume change, alternating from compression to expan-
sion in the direction that the wave is traveling. P-waves
travel through all types of media – solid, liquid, or gas.

S-waves
Secondary, or S-waves, travel slower than P-waves
and are also called “shear” waves because they do not
change the volume of the material through which they
propagate – they shear it. S-waves are transverse waves
because they vibrate the ground in a direction “trans-
verse,” or perpendicular, to the direction that the wave is
traveling.

The S-wave speed, call it CS, depends on the shear
modulus and the density

CS ¼
ffiffiffi
m
r

r
(4)

Even though they are slower than P-waves, the S-waves

move quickly. Typical S-wave propagation speeds are of
the order of 1–8 km/s. The lower value corresponds to
the wave speed in loose, unconsolidated sediment, the
higher value is near the base of Earth’s mantle. An impor-
tant distinguishing characteristic of an S-wave is its inabil-
ity to propagate through a fluid or a gas because fluids and
gases cannot transmit a shear stress and S-waves are
waves that shear the material. The velocity of seismic
waves depends on the elastic properties and density of
a material in which the wave is traveling. P-waves are
sound waves, it is just that in seismology we are interested
in frequencies that are lower than humans’ range of hear-
ing (the speed of sound in air is about 0.3 km/s). The vibra-
tion caused by P-waves is a volume change, alternating
from compression to expansion in the direction that the
wave is traveling. In general, earthquakes generate larger
shear waves than compressional waves and much of the
damage close to an earthquake is the result of strong shak-
ing caused by shear waves.

Attenuation
Near the source of a strong disturbance, such as a large
explosion or earthquake, the wave-generated deformation
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can be large enough to cause permanent deformation,
which will be visible as cracks, fault offsets, and displace-
ments of the ground after the disturbance has passed.
A source of energy creates the initial disturbance and the
resulting waves propagate (travel) out from the distur-
bance. Because there is finite energy in a confined or
short-duration disturbance, the waves generated by such
a source will spread out during propagation and become
smaller (attenuate) with distance away from the source
or with time after the initial source, and thus, will eventu-
ally die out (Figure 10). Knowledge of attenuation can be
very useful in seismic data processing, as its removal
increases resolution.

Attenuation often serves as a measurement tool that
leads to the formation of theories to explain physical or
chemical phenomenon that decreases the body wave’s
intensity. The amplitude change of a decaying plane wave
can be expressed as:

A ¼ A0e
�az (5)

In this expression A is the unattenuated amplitude of
0
the propagating wave at some location. The amplitude A
is the reduced amplitude after the wave has traveled
a distance z from the source. The quantity a is the attenu-
ation coefficient of the wave traveling in the z-direction.
The more common unit of the attenuation value is Deci-
bels. Attenuation is generally proportional to the square
of the frequency. Quoted values of attenuation are often
given for a single frequency, or an attenuation value aver-
aged over many frequencies may be given. The quoted
values of attenuation only give a rough indication of the
attenuation and should not be automatically trusted. Gen-
erally, a reliable value of attenuation can only be obtained
by determining the attenuation experimentally for the par-
ticular material being used.
Summary: results of regional and global studies
The study of seismic body waves permits us to derive
important knowledge about the internal constitution of
the Earth. The problems related to propagation of elastic
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seismic body waves has been discussed in a number
of books and in numerous papers (e.g., Bromwich,
1898; Sezawa, 1927; Haskell, 1953; Ewing et al., 1957;
Brekhovskikh, 1960; Bullen, 1963; Bath, 1968;
Achenbach, 1975 and others). Attenuations of seismic
waves have been investigated by many authors (e.g.,
McDonald et al., 1958; Knopoff and Macdonald, 1958;
Kolsky, 1963; White, 1965; Kuster and Toksoz, 1974;
Shoenberger and Levin, 1974; Kennett, 1983; Hong and
Kennett, 2003 and others). The asymptotic theory of
body-wave propagation in anisotropic media is also
well developed (e.g., Crampin, 1984; Thomsen, 1986;
Tsvankin, 1997; Cerveny, 2001; Chapman, 2004).

The effect of initial stresses present in the medium is not
considered in the above studies. Recently, Dey and Dutta
(1998) have been studying the problem of propagation
and attenuation of seismic waves, taking the effect of ini-
tial stresses present in themedium into account. Biot incre-
mental deformation theory has been used (Biot, 1965) in
their study. Selim and Ahmed (2006) have studied the
velocities of propagation, damping, and attenuations of
seismic body waves in compressible and dissipative
medium under the effect of both initial and couple stresses.
Body-wave modeling
Seismological methods for determining Earth structure are
often classified as being either active or passive in nature.
Passive methods involve waiting for an earthquake to
occur and provide the seismic source for recording. In
contrast, controlled-source seismology refers to active
methods where the experimenter provides the source by
an explosion or a mechanical device such as a hammer,
a weight that is dropped, or a vibrator. Active methods
can, in turn, be divided into two basic classifications.
The first is seismic reflection profiling, which is a clearly
defined approach in which the goal is to produce an image
of the subsurface in which structures can be seen directly,
in the way that an X-ray image reveals features inside an
object. Other active seismic methods infer seismic veloci-
ties and the presence of discontinuities in velocity and
structure (such as faults) using a variety of approaches that
analyze the arrival times and sometimes the shape of seis-
mic waves traveling along different paths through the
Earth. As a consequence of advances in seismic instru-
mentation and national programs increasing the number
of instruments available, there have been many recent
developments in these techniques that do not directly
image the Earth. A convenient aspect of the theoretical
basis for virtually all active-source techniques is that they
are largely independent of scale. Thus, detailed studies to
address environmental problems and regional studies to
determine deep Earth structure employ the same basic
techniques of analysis (Hancock and Skinner, 2000).
Recently, several efforts have been made to complete our
knowledge of the structure of the Earth’s upper mantle
by detailed observation of seismic body waves, especially
by their amplitude–distance curves.
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Definitions
Fault slip. Relative motion, either steady or sudden as in
earthquakes, between rock units on either side of a fault.
Rupture. Sudden fault slip in an earthquake.
Elastic rebound. Sudden release, as by an earthquake, of
slowly accumulated strain energy.
Segment. A section of a fault or plate interface bounded by
features thought to serve as strong barriers to earthquake
rupture. Features postulated to form such barriers include
changes in fault orientation or in rock type across parts
of the fault, and intersections with other faults.
Characteristic earthquake. An earthquake rupturing an
entire fault segment. Alternately, one of a sequence of
earthquakes rupturing the same area of fault.
Recurrence interval. The time between characteristic
earthquakes on a given segment or fault area.
Quasiperiodic. Occurring at approximately equal recur-
rence intervals.
Seismic cycle. A sequence of events on a segment starting
with a large earthquake, followed by aftershocks, then by
steady stress accumulation, and culminating with another
large earthquake. The term “cycle” is sometimes but not
always meant to imply quasiperiodic recurrence.
Seismic gap. A segment for which the time since the previ-
ous characteristic earthquake approaches or exceeds the
average recurrence interval.
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
Introduction
The seismic gap hypothesis holds that most long-term geo-
logic slip on faults or plate boundaries is accomplished by
characteristic earthquakes on segments. Such quakes are
presumed to reduce the stress substantially, necessitating
a substantial recurrence time for elastic stress to recover
before the next characteristic earthquake. The dates and
rupture extent of past earthquakes may be determined by
modern seismic networks; by historic reports of faulting,
damage, or strong shaking; or by paleoseismic investiga-
tion of trenches across faults. The average recurrence time
may be determined either from a sequence of dates of past
characteristic earthquakes, or by the time required for
steady slip on a fault to accumulate the slip experienced
in a characteristic earthquake (Working Group on Califor-
nia Earthquake Probabilities, 1988, 1990).

History
Well before plate tectonics became accepted in the 1960s,
Gilbert (1884) argued that large earthquakes should be
separated by substantial time intervals. Reid (1910,
1911) proposed that faults slowly accumulate energy later
released suddenly by earthquakes (“elastic rebound”), and
that the time to a future earthquake could be estimated by
surveying the strain released by a previous one. Fedotov
(1965) noticed that most of the Kamchataka–Kurile
trench in the northwest Pacific had been ruptured by earth-
quakes in the early twentieth century, with the exception
of one zone southeast of Hokkaido. He concluded that
a future earthquake was likely in that area, a forecast real-
ized in 1973 when the Nemuro-oki earthquake struck with
magnitude about 7.5 (Kasahara, 1981, 182).

Plate tectonics now provides a compelling, steady
source of the strain energy driving elastic rebound, and
90-481-8702-7,
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that fact led many to conclude that occurrence of large
earthquakes must be separated by enough time to allow
recharge. Scholz (1990, 260) remarked that “A tenet of
plate tectonics is that the rates of plate motion must be
steady over geologic time periods and must be continuous
along plate boundaries. If it is assumed further that
a significant portion of this motion must be released seis-
mically, then it follows that segments of plate boundaries
that have not ruptured for the longest time are those most
likely to rupture in the near future. These places are called
seismic gaps.” The seismic gap hypothesis was celebrated
when Nishenko, 1989 published a list of 13 earthquakes
that fit, at least approximately, the descriptions of previ-
ously expected earthquakes.

The seismic gap model has been applied to long-term
forecasting of earthquakes in many regions (Sykes,
1971; Kelleher, 1972; Kelleher et al., 1973; McCann
et al., 1979; Working Group on California Earthquake
Probabilities, 1988, Nishenko, 1991). The model and its
definition have evolved along with the quality and quan-
tity of data that go into it. Fedotov (1965) defined the
Nemuro-oki gap as the last remaining unbroken segment.
McCann et al. (1979) used elapsed time and a color code
to label segments around the Pacific Rim: more than 100
years had elapsed in red gaps, between 30 and 100 years
in orange gaps, and less than 30 years in apparently safe
green zones. In the most comprehensive forecast ever
using the seismic gap model, Nishenko (1991) actually
made testable probabilistic forecasts for about 125 plate
boundary segments around the Pacific Rim. In that study
he estimated the mean recurrence time and the elapsed
time for each segment, and assumed that their ratio obeys
a log-normal probability density function. With that infor-
mation, he calculated the probability that each zone would
be ruptured by a characteristic earthquake whose magni-
tude he also listed for each zone within 5-, 10-, and
30-year periods. A very similar model was used by the
Working Group on California Earthquake Probabilities
(1988) in its official earthquake probability estimates.

Assumptions
All the applications mentioned above share several impor-
tant assumptions. First, their authors assume that faults
and plate boundaries are segmented and that rupture does
not cross segment boundaries. Second, they assume that
each characteristic earthquake ruptures to both ends of its
segment, reducing the stress to a uniform base level and
beginning the process of stress recharge. Third, they assume
that the time to the next characteristic earthquake depends
almost entirely on the time of the previous one: not on other
earthquakes, nonelastic stress redistribution, or other
causes. To make useful forecasts, scientists must obviously
be able to distinguish characteristic earthquakes from all
others in order to know the elapsed time since the last one.

Small characteristic earthquakes
Recent studies in California (e.g., Nadeau and
McEvilly, 1999), Japan (e.g., Igarashi et al., 2003;
Okada et al., 2003), and elsewhere have identified
sequences of small earthquakes fitting the alternative def-
inition of “characteristic earthquake” above. In each
sequence, the events are approximately the same size,
and rupture approximately the same fault area. They recur
at nearly equal time intervals or in some cases variable
intervals consistent with variations in their size or in fault
slip rate. In most cases, the slipped areas appear to be
surrounded by areas where displacement occurs by steady
slip rather than earthquakes. Because of that special cir-
cumstance, these small repeating earthquakes are not rele-
vant to the discussion of seismic gaps.

Modified seismic gap hypothesis
As time, earthquake experience, and theoretical sophisti-
cation have accumulated, earth scientists have modified
the seismic gap theory to rely less on the assumptions
above. The Working Group on California Earthquake
Probabilities (1990) allowed adjustments to account for
stresses from earthquakes not on the relevant segment.
The 1992 Landers, California earthquake (magnitude
about 7) presented a particularly important observation.
In that event, rupture jumped segment boundaries and
even faults, making use of up to five faults mapped as
separate before 1992. In a seismic hazard model produced
by the Southern California Earthquake Center (Working
Group on California Earthquake Probabilities, 1995), the
seismic gap model was modified to allow rupture to jump
segment boundaries with a modest probability. Later uses
of the seismic gap model in California for official hazard
estimates employ increasingly complex assumptions,
especially about conditions under which rupture is likely
to involve more than one segment (Working Group on
California Earthquake Probability, 2002, 2008).

The more complex versions of the model raise interest-
ing questions.What truly constitutes a segment?How effec-
tive areweak barriers in stopping rupture, andwhat controls
their strength? Are the boundaries fixed in space, or can
they move as stress conditions change? When rupture
crosses a boundary, does it consistently continue to the
next? If not, does it reset the stress and the clock on the par-
tially ruptured segment? Do the elapsed times on adjacent
segments control the probability that rupture will jump the
barrier between them? If so, which segment is most impor-
tant? Modelers must answer these questions, implicitly or
explicitly, to forecast using the modified gap models. So
far, there is no clear consensus on the answers.

Challenges to the seismic gap model
Despite some reported successes, the seismic gap hypoth-
esis has often been questioned. Critics point to the diffi-
culty of verifying the rather strong assumptions behind
the hypothesis, and to its limited success in forecasting
earthquakes.

The basic assumption that faults and plate boundaries
are segmented has provoked significant debate. Even the
few apparent successes (e.g., Loma Prieta, CA, 1989;
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Parkfield, CA 2004; Chile, 2010), are equivocal at best.
The rupture of the Loma Prieta earthquake was about the
length of the nearest segment mapped by the Working
Group on California Earthquake Probabilities (1988), but
it shifted south and spilled over the southern segment
boundary.Moreover, the event occurred near, but not actu-
ally on the San Andreas Fault for which the segment was
defined. Before 2004, the Parkfield segment was defined
in several different ways, so its location at Parkfield does
not confirm the segmentation hypothesis (Jackson and
Kagan, 2006). The 2010 Chile earthquake went well
beyond the segment boundaries specified by Nishenko
(1991). In addition, several events have clearly violated
preassigned boundaries. The 1992 Landers quake was
mentioned above, and the great Sumatra tsunami earth-
quake of 2004 breached several boundaries along its
1,300-km rupture zone (Nalbant et al., 2005).

The assumption that earthquakes rupture to both ends of
segment boundaries also lacks verification. A basic prob-
lem is that the locations of segment boundaries are usually
estimated inaccurately from the extent of past earthquake
ruptures. For earthquakes identified by paleoseismic
investigations, rupture can generally be pinpointed at only
a few widely spaced locations. For historical earthquakes,
rupture extent is typically estimated with great uncertainty
from the extent of damage or reported shaking. Even for
modern instrumentally recorded earthquakes, the extent
of the aftershock zone or fault scarp may not accurately
represent the rupture at depth where the elastic rebound
occurs. In many cases, the extent of rupture for older earth-
quakes is assumed to be similar to that of the most recent
event, a clear case of circular reasoning.

The connection between plate tectonics and earthquake
recurrence referred to in the words of Scholz above
depends on the assumption that characteristic earthquakes
release most of the slowly accumulated fault slip. How-
ever, that assumption fails in many examples. For
instance, the cumulative slip of the Parkfield, CA earth-
quakes since 1857, often regarded as an archetypical
characteristic sequence, accounts for only a small fraction
of expected slip at the long-term geological rate (Jackson
and Kagan, 2006). In such cases, the alternative definition
of characteristic earthquakes listed above, and the times of
past events, may provide valuable information on the
causes of some earthquakes but the direct link to plate
tectonics is lost.

Proponents of the seismic gap theory citemany examples
in which identified gaps have been filled by earthquakes.
The positive examples are appealing but insufficient for
two reasons. First, the definitions of gaps and forecasted
earthquakes were quite general, making the target easier to
hit at random. Second, they included only successes; a fair
evaluation needs to consider failures as well.

Kagan and Jackson (1991, 1995), and Rong et al.
(2003) applied statistical tests to the seismic gap theory
as articulated by McCann et al. (1979) and Nishenko
(1991). Earthquakes were actually more frequent in
McCann’s green zones than in the red ones, opposite to
what the gap theory assumes. The 1991 gapmodel implied
far more earthquakes, in different places, than actually
occurred. Kagan and Jackson (1995) and Rong et al.
(2003) also tested a simple alternative to the gap model,
assuming that earthquakes occur randomly in time and
near past earthquakes. The alternative model fits the total
number and the locations of future earthquakes much bet-
ter than the 1991 gap model.

These statistical tests necessarily applied to the earlier
versions of the gap hypothesis, in which segments were
assumed to be independent of one another. Since then,more
complex versions of the model have been applied. Most of
these applications involve one or a few purported gaps with
estimated recurrence times of decades or centuries.
Published models generally do not provide probabilities
for multi-segment ruptures, and they cannot be effectively
evaluated until several seismic cycles have elapsed. To be
rigorously testable, such a model must forecast a few tens
of well-defined earthquakes. Unfortunately, no systematic,
well-specified version of the more complex seismic gap
model has been applied broadly enough to be tested.

Conclusions
The intuitively appealing seismic gap model encompasses
the virtually unassailable principle that earthquakes
release strain energy accumulated over a long time.
Although many large events have occurred in previously
identified gaps, the same is true of locations outside them.
Simple versions of the gap theory, in which characteristic
earthquakes occur on independent segments, are no longer
tenable. Modified versions of the gap theory have not yet
been formulated in a rigorously testable way.
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Definition
Continental drift. The name given to the relative move-
ment between continents.

Introduction
Apparently, continental drift was first postulated by
Abraham Ortelius, who made one of the first atlases, in
the third edition of his Thesaurus Geographicus (Ortelius,
1596) to account for the similarity between the coastlines
of western Africa, western Europe, and the eastern
Americas. During the next three centuries or so, several
other thinkers used this morphological similarity to come
to the same conclusion.

Alfred Wegener
Although Ortelius speculated that earthquakes and floods
had torn the continents apart, AlfredWegener, an Austrian
meteorologist, was the first to systematically gather the
geological evidence for continental drift in his synthesis
(Wegener, 1929a), also translated into English (Wegener,
1929b), parts of which had been published as early as
1912 (Wegener, 1912).

Wegener was puzzled in particular by the present-day
distribution of former ice-age deposits, or tillites, of
Permo-Carboniferous age, now known to be about
300 million years old that are found today in South
America, Africa, Antarctica, India, and Australia.
Wegener’s meteorological background led him to assume
that the present-day climatic zones, with cold polar
regions and a hot tropical belt, was a fundamental property
of the Earth’s atmosphere that had been established before
these glacial deposits had formed and had persisted to the
present-day. He realized that if all the southern continents
had been joined together to form a supercontinent lying
near the south geographic pole, then the present-day distri-
bution of all the Permo-Carboniferous tillites would have
a logical explanation. This supercontinent is known as
Gondwana. But Wegener went further and postulated that
the northern continents had also been joined to form
a northern supercontinent known as Laurasia, which, with
Gondwana, formed a huge continental area incorporating
all the major continents, known as Pangea.

Wegener’s solution to the tillite distribution had
a compelling elegance about it, partly because it also
placed the Carboniferous forests of Europe and North
America, (whose compressed remains gave the name to
the Carboniferous period) in what would have been the
tropical region of that time. However, elegance is not
a scientific proof, and Wegener’s ideas were rejected by
most geophysicists and many geologists, principally
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because there were no physical measurements that demon-
strated drift and there was also no known physicalmecha-
nism that could move continents independently of one
another [e.g., Jeffreys (1929)].

Wegener (1929a) made the reassembly by positioning
the continents at where he presumed the edges of the con-
tinents lay, that is, somewhat beyond the present-day
coastlines, but his maps were rather schematic. A more
convincing Gondwana map, supported by much geologi-
cal evidence, was made by Du Toit (1937), but the best
precomputer map showing the excellence of the fit
between the continental edges of South America and
Africa was made by Carey (1958). Jeffreys (1964) denied
that there was a fit, and it was his denial that in part led
Bullard and others to examine how well the continental
edges fitted together (Bullard et al., 1965; Everett and
Smith, 2008). These ideas were supported by the changes
in the Earth’s magnetic field preserved in rocks (see
Paleomagnetism, Principles) determined by workers such
as Irving (1964), but the results were not fully accepted by
the geoscience community until after the plate tectonic
revolution.
Conclusions
It is now established that the Earth’s lithosphere is divided
into a number of rigid Plate Tectonics, Precambrian in rel-
ative motion. Tracing these motions back in time shows
that Gondwana, Laurasia, and Pangea did exist in the past,
vindicating Wegener’s idea completely.
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Synonyms
Graben; Taphrogen

Definition
A continental rift (Gregory, 1894; Quennell, 1982, 1985)
is a fault-bounded elongate trough under or near which
the entire thickness of the lithosphere (see Lithosphere,
Continental; Lithosphere, Mechanical Properties) has
been reduced in extension during its formation. Just as
old mountain ranges may no longer have any topographic
expression because of tectonic and/or erosional events,
some, especially old, rifts may no longer appear as troughs
for the same reasons, but their original trough shape is rec-
ognized by their stratigraphically younger fills, or meta-
morphically lower grade of their down-dropped central
blocks (see Sedimentary Basins).

Introduction
Rifts form one of the three main categories of lithospheric-
scale structures resulting from differential motion of parts
of the lithosphere. Lithospheric shortening creates orogens,
simple shear creates keirogens, and stretching creates
taphrogens that are collections of rifts (Figure 1). However,
at present, only 20.5% of the active plate boundaries show
normal convergence and 21% normal divergence. Some
8% show pure dextral strike-slip and some 6% pure sinistral
strike-slip. The remaining 58.5% display some deviation
from the three end-members, with relative motion vector
angles to bountary strikes varying between 0� and 67�
(Woodcock, 1986). Plate boundaries must have shown
a similar behavior in the past, so only about half of all the rifts
a geologist may encounter is likely to show normal extension
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(see Plate Motions in Time: Inferences on Driving and
Resisting Forces; Plates and Paleoreconstructions).

Rifts are important structures from the viewpoints of
our understanding of the behavior of our planet and our
exploitation of its resources. They record evidence of
continental fragmentation in diverse tectonic settings,
including all three types of plate boundaries and in
plate interiors (see Plate Motions in Time: Inferences on
Driving and Resisting Forces; Plates and Paleorecon-
structions). Also, at different stages of their evolution,
they present opportunities of studying the continental
crust (and in extreme cases even the upper mantle) from
its surficial sedimentary rocks down to the crust-mantle
interface (see Lithosphere, Continental). Especially the
lacustrine sedimentary sections of rifts are useful for stud-
ies on the past climates (e.g., Olson and Kent, 1999;
Kravchinsky et al., 2003; Felton et al., 2007) and they
have enabled geologists to refine stratigraphic correlations
down to thousands of years, as far back as in the early
Mesozoic (e.g., Olsen and Kent, 1999).

Rifts house important economic reserves such as
hydrocarbons (the Sirt rift in Libya being the most produc-
tive with about 45 billion barrels of oil and 33 trillion
cubic feet of gas; for the hydrocarbon potential of rifts,
see Harding, 1983; MacKenzie and McKenzie, 1983: a
classic on hydrocarbon genesis in rifts; Ziegler, 1994a;
Lambiase, 1995), hydrothermal and stratiform copper,
copper-nickel, molybdenum, giant lead-zinc, and even
uranium deposits (for metallogenesis in rifts, see Sawkins,
1990). Most of the geothermal areas in the world are
located in active rifts (e.g., Jaffé, 1971; figure 1) (seeGeo-
thermal Heat Pumps). At present, one fifth of the entire
fresh-water reserve of the earth resides in a rift basin,
namely Lake Baykal. Rifts are thus significant not only
for increasing our geological knowledge, but also for con-
tributing to our well-being. It is perhaps of some interest in
this context to remember that our genus and species were
born in a rift, namely in the East African.

For good overviews of rifts and rifting, see Burke and
Dewey (1973), Burke and Wilson (1976), Coward et al.
(1987), McKenzie (1978) (a “must” read for understand-
ing the evolution of rifts), Manspeizer (1988), Ziegler
(1992, 1994b), Landon (1994), Şengör (1995), Şengör
and Natal in (2001) (a detailed catalog of the world’s rifts
with tabulated summaries of origin and history and refer-
ences) and Ring and Wernicke (2009). For the geology
of some of the classic rift regions of the world, with
increasing age, see Africa as a whole: Kampunzu and
Lubala (1991), Burke (1996), and Burke and Gunnell
(2008). East Africa: Frostick et al. (1986), Frostick
(1997) (a good introduction for beginner), Schlüter
(1997) (this book has a bibliography of some 1,300 items),
Morley (1999) (has an excellent collection of seismic sec-
tions). Basin-and-Range: Wernicke (1990), Beratan
(1996), Faulds and Stewart (1998), Snow and Wernicke
(2000), Dickinson (2002) (best introduction for an out-
sider) and McQuarrie and Wernicke (2005) (best kine-
matic reconstruction of any rift I know). Rio Grande rift,
USA: Ingersoll (2001). The Upper Rhine rift: see the spe-
cial issue on it in the International Journal of Earth Sci-
ences (Geologische Rundschau), vol. 94 (2005); also:
Hüttner (1991), Schumacher (2002), Rotstein et al.
(2006). The Lake Baykal rift: Crane et al. (1991), Kuz’min
et al. (2001), ten Brink and Taylor (2002), Kravchinsky
et al. (2003). The West Siberian Basin: Surkov et al.
(1994). The North Sea Basin with the North German
(Lower Saxony) Basin: Blundell and Gibbs (1990), Evans
et al. (2003) (this lavishly illustrated and richly
documented mammoth book makes all earlier publica-
tions on the subject either obsolete or redundant; also
available as a two CD-ROM set), Wilson et al. (2004),
Littke et al. (2008). The Mediterranean region: Durand
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et al. (1999), Corti et al. (2006) (an excellent paper about
a little-known rift cluster).

Rift, graben, and taphrogen
“Rift” and “graben” are two words used interchangeably in
the international literature designating elongate troughs
bounded by normal faults. However, not all such troughs
are parts of structures that rupture, or even thin by rock creep,
the entire lithosphere. Some normal-fault-bounded troughs
result from sliding and stretching of surficial rocks over
lubricating sedimentary horizons such as evaporites or
shales. The normal-fault-bounded basinets that formed dur-
ing a landslide associated with the March 27, 1964, Prince
William Sound earthquake in Alaska or the similar troughs
in the Canyonlands National Park in Utah formed by sliding
and stretching the sedimentary section above the Upper Car-
boniferous evaporites are examples. Such structures have
nothing to do with lithospheric stretching and thus they do
not fit the definition of rift given above. Şengör (1995) there-
fore suggested that the word rift be confined to those struc-
tures that actually disrupt or otherwise (by creep) thin the
lithosphere and graben be reserved for those that do not.
His usage is what is recommended and followed in this entry.
In rifts, when the extension factor b, the ratio of extended
width to unextended width (McKenzie, 1978), goes beyond
3 the continental lithosphere generally ruptures completely,
and ocean generation begins by seafloor spreading (Le
Pichon and Sibuet, 1981) (see Seafloor Spreading) either
by dyke injection or by cold extrusion of subcontinental
mantle in the form of ultramafic “core complexes” as seen
in such places as along the boundary between the Upper
Penninic and the Lower Austroalpine units of the Alps
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(Bernoulli et al., 2003 and the references therein) or along
the South Galicia Bank (Boillot et al., 1987). For obvious
reasons, this cannot happen to grabens, however much they
may be extended.

Large regions of localized extension exist on our planet
where many rifts and grabens occur together. It is inappro-
priate to call such regions simply rifts. It would be like
calling whole orogens simply “thrust wedges.” These
large regions of extension are the extensional counterparts
of orogens (Figures 1 and 9) and therefore it is appropriate
to use for them the term “taphrogen,” derived from
Krenkel’s term “taphrogeny.”

General properties of rifts
Structure of rifts
Figure 2 is an idealized and highly simplified block diagram
of a rift. Rifts have two fundamental structural entities:
a main hanging wall block and one or two footwall blocks
depending on whether the rift is symmetric (as in Figure 2)
or asymmetric (see Figure 3). In symmetric rifts, the exten-
sion represented by the rift is almost entirely localized
between two master bounding normal (or oblique exten-
sional) fault systems, and it is these two systems that take
up much of the extension, although the hanging wall block
delimited by them is also intensely broken up by smaller nor-
mal faults with strikes largely parallel with those of themajor
bounding fault families (Figure 4). The hanging wall is com-
monly dropped down because of crustal thinning affecting it
and in the basin thus formed sediments accumulate whose
thicknesses can be in excess of 15 km in large rifts such as
the Dneper-Donetz rift in the Ukraine (Ulmishek et al.,
1994), which is very close to the maximum possible
lt

Branch rift Sedimentary infill

,
crust

tile
one)

10

10km

10

0

 crust

eepest
hquakes

M
an

tle
 L

ith
os

ph
er

e

“ideal” rift drawn to emphasize the main architectural elements of
ave straight faults or that they are single faults instead of fault



Bounding fault systems

Symmetric rift

Inceptive asymmetric rift

Hanging wall block

Hanging wall block

Advanced asymmetric rift

Dead asymmetric rift

Sedimentary cover

Hanging wall
block horse

Footwall block

Footwall block

Bounding fault system

Facing direction of rift

Hanging wall blockFootwall block

Footwall block Footwall blockHanging wall block

Increasing metamorphic grade

Continental Rifts, Figure 3 Some properties of symmetric and
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thickness (17 km) of sediment accumulation on continental
crust (Dewey, 1982) Most rifts of average size, however,
have sediment thicknesses ranging from 2 to 5 km. Individ-
ual rift lengths vary from about 1,000 to 100 km and widths
from about 150 to 10 km. Rift size is a function not only of
the amount of extension, but also the thickness of the litho-
sphere it disrupts. The thicker the lithosphere, the wider the
rift. On Figure 5, the distribution of continental rifts on earth
is shown. In areas of thick lithosphere (e.g., in the North
American craton, eastern Europe, and Siberian craton), the
rifts are very wide, whereas in areas of thin lithosphere such
as the western USA or in the Aegean they are very narrow, in
places less than 10 km wide.

The bounding faults of the rifts have long been thought
to be listric (shovel-shaped), i.e., flattening with depth,
although studies on earthquakes have not supported this.
Wherever precise hypocenter location is possible and
where the earthquake has caused a surface rupture (see
Earthquake, Focal Mechanism; Earthquakes and Crustal
Deformation; Earthquake, Location Techniques), it is
seen that the associated fault is planar down to depths
of 8–10 km. Eyidoğan and Jackson (1985) documented
that the March 28, 1969, Demirci earthquake in western
Turkey consists of two discrete sub-events: one along
a northerly-dipping planar normal fault and another one
on a horizontal surface north of, but at the same depth
as, the hypocenter of the first one. The horizontal rupture
is believed to be located in a region that deforms ductiley
under long-term strain rates, but ruptures when that rate is
suddenly increased as in an earthquake (Figure 2). This
suggests a kinked cross-section for the master fault.
Such “kinked” faulting events may be the explanation of
why hanging wall blocks in some rifts are so much more
disrupted than the rift shoulders. In areas of thicker litho-
sphere, however, hypocenters along the master faults of
rifts may be as deep as 30 km as exemplified by the March
10, 1989, Malawi earthquake in east Africa (Figure 2;
Jackson and Belkinsop, 1993) (see Seismicity, Intraplate).

The straight fault hypothesis is difficult to generalize,
especially where the master fault families bounding rifts
are strongly curved in map view such as those that created
the Lake Tanganyika rift system (Burgess et al., 1988). It is
possible that individual segments of large faults rupture as
straight fractures, but eventually the entire fault acquires
a listric geometry. This seems supported by the fact that in
Lake Tanganyika, where the rift floor has deeply subsided,
faulting within the hanging wall block is less intense
(Burgess et al., 1988). This is incompatible with amajor kink
of the master fault at depth. Wernicke and Burchfiel (1982)
pointed out that where numerous, parallel-striking planar
normal faults have rotated in unison around horizontal axes,
one listric fault at the head of the series is a kinematic neces-
sity to allow the others to rotate.

Asymmetric rifts are said to “face” in the direction of
the dip of their master faults (Figure 3). Many major rifts
are made up of half rifts that change their facing along
the strike. In such cases, “transfer” or “accommodation
zones” form along their boundaries that take the form of
areas of complex oblique faulting and crustal block rota-
tions (see especially the excellent discussions on transfer
and accommodation zones in Faulds and Stewart, 1998;
also Derer et al., 2005). Smaller and shallower transfer
faults, essentially tear faults disrupting the hanging wall
block with complicated displacement histories, form
where the hanging wall is differentially stretched along
the strike of the rift (cf. Şengör, 1987).

Rift shoulders are commonly uplifted. In symmetric
rifts, both shoulders go up because of isostatic adjustment
of the crustal wedges that are formed by the master faults
dipping towards the rift (see Isostasy). Such uplift not only
rotates the land surface on the shoulders away from the rift
thus guiding much of the regional drainage in the same
direction, but it rotates also the bounding normal faults
(Buck, 1988). Each increment of faulting further rotates
the shoulder and further rotates the previously formed
fault segment. In Figure 3, in the case of a young asym-
metric rift, the fault is shown to be straight. As the rift
age and extension advance, the fault surface curves away
from the rift as a result of incremental rotations and finally
its oldest parts acquire a flat position, possibly with
“horses” of the hanging wall block stuck on it as



Continental Rifts, Figure 4 A part of the eastern (“Gregory”) rift in Kenya showing the intense faulting of the down-dropped hanging
wall block between the master fault families. (Google Earth image.)
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“extensional allochthons” (Figure 3). This seems to be the
origin of many near-horizontal normal faults in areas of
thin lithosphere and large amounts of extension such as
the extensional metamorphic core complexes of the North
American Cordillera (Armstrong, 1982), or those of the
Tethysides (Verdel et al., 2007), although the existence
of “primary” low-angle normal faults is also known both
from detailed field studies (e.g., Miller and John, 1988)
and from the seismicity (Eyidoğan and Jackson, 1985;
Abers et al., 1997). The amount of extension in many rifts,
especially those that are symmetric, do not go that far,
however, and their bounding faults rarely dip less that 30�.

In placeswhere intracontinental rifting along a narrow rift
valley has advanced far, as, e.g., along theWonji FaultBelt in
Ethiopia, it has been noted that faulting is driven by dyke
injection below the brittle upper carapace of about 10 km
thickness and that segments with active deformation at
the surface correlate with those of active magmatism
(Kendall et al., 2005; Casey et al., 2006).

Cloos (1939) believed that the shoulder uplift in sym-
metric rifts resulted from the original doming that had
led to keystone drop of the hanging wall block, but it
was quickly realized that the observed angles of slope on
crustal domes rarely exceed 1�, whereas to give rise to
substantial rifts one needs about 10� dome slopes, which
are excessive. Table 1 lists values of extension and shoul-
der uplift in some selected rifts. In none, except possibly in
the Española Basin, is the shoulder uplift sufficient to
cause the estimated amount of stretching.
Sedimentation in rifts
Because rifts form elongate basins they are ideal sediment
receptacles. The type of sediment to be found in a rift varies
according to the size and geometry of the rift, the climatic
zone(s) in which it is located and its evolutionary history.
Although most rifts are filled slowly by sedimentation in
Continental Rifts, Table 1 The amount of stretching and shoulde

Name of rift Amount extended (km)

N Kenya 35–40
Gregory 10
Malawi 7.5 (from transfer fault offset)
Suez N
Central
S

16.3
17.7–32.6
29.3
(all from fault geometry)

Upper Rhine 17 (from crustal configuration), 5–7 (
Oslo 28–36 (from crustal configuration), 11
Viking 100–130 (from crustal configuration),
Central (North Sea) 100–105 (from crustal configuration),
Benue 100a

Baykal 15–20 (from crustal configuration), 10
Española basin 5.5
Albuquerqe basin N
Albuquerqe basin S

10 (from fault geometry)
16 (from fault geometry)

aBenkhelil et al. (1988) established at least 10 km of shortening during
the sea, lakes, rivers and, in a subordinate degree, subaerially
by wind, some are catastrophically invaded by the sea by
breaching the barriers of sub-sea-level rift complexes
(e.g., the Permian North Sea or the medial Cretaceous South
Atlantic). In such cases, either vast evaporite deposits (as in
the Aptian of the South Atlantic: Burke and Şengör, 1988)
or thick shales (as in the late Permian of the North sea: Evans
et al., 2003) are laid down in rift troughs.

Subaerial rifts are normally fed by rivers that locally
create lakes within them because of endorheic conditions.
Near the fault-bounded shoulders, stream valleys are com-
monly short (as the crest of the shoulder often is also the
water-divide) but the streams in them are energetic
because of the steep slopes. They thus carry clastic sedi-
ments of a variety of sizes that are horizontally sorted in
large alluvial fans at the feet of the fault-escarpments.
Along these escarpments, many alluvial fans form and
coalesce and ongoing subsidence leads to the accumula-
tion of large thicknesses of fanglomerates, sandstones,
and shales near the faulted rift margin(s). Because of rota-
tion towards the fault plane of the basin floors, the sedi-
mentary thicknesses systematically decrease away from
rift shoulders towards rift median lines. Steep slopes and
catastrophic rain in both tropical and desert climates fre-
quently lead to slope failures resulting in landslides com-
plicating the sedimentary record. Permanent or
ephemeral lakes may occupy the middle parts of rift
floors. Ephemeral lakes commonly occur in dry climates
in the form of playas and deposit evaporites and clays that
may interfinger with marginal alluvial fan deposits. Per-
manent and deep lakes are important sediment repositories
in rifts. They may accumulate very thick sedimentary sec-
tions in them, exhibiting complex facies dictated by the
evolution of the geomorphology of the rift and its
surrondings. Such lakes can be very deep (Lake Baykal
in Sibearia: with 1,637m, the world’s deepest lake in addi-
tion to an 8 km rift sedimentary fill; Lake Tanganyika in
r uplift in some selected rifts (From Şengör, 2001)

Uplift of shoulder area (km)

>1.4–1.7
2
2.8 (strike-slip affected?)
1.5
1
�500 m

from fault geometry) 2.2
–13 (from fault geometry) 1
30 (from fault geometry) 3
15 from fault geometry) 1.5

?
(from fault geometry) 2–3

1.5
�1
0.9

the following compression
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East Africa: 1,457 m, but with half the sediment thickness
of Lake Baykal). They are well-aerated in cold climates
because the cold upper layers of the lake waters make con-
vection and overturning possible (as in Lake Baykal), but
they are stratifed with anoxic deeps in hot regions because
hot surface waters cannot sink and thus inhibit overturning
(as in Tanganyika). As the anoxic conditions in Lake
Tanganyika exemplify, deep rift lakes in hot climates
may generate good hydrocarbon source rocks in reducing
environments. This is corroborated by ancient rift
fills that formed under similar conditions such as the
Permian oil-bearing sequences in the Junggar and Turfan
rift basins in Central Asia (e.g., Graham et al., 1990; Miao
et al., 2006) or the organic-rich (up to 8% organic C)
Triassic-Jurassic lacustrine sediments of the Newark-
type rifts of the eastern USA (Manspeizer and Olsen,
1981).

Rift valley floors are seldom level along the strike of the
master bounding faults and this commonly induces longi-
tudinal drainage in rifts. In fact, most of world’s major riv-
ers flow in two kinds of valleys: those that are located in
rift troughs or in depressions inherited from them and
those that are placed in fore- and hinterland basin troughs
(cf. Audley-Charles et al., 1977). The Rhine in Europe, the
Irrawady in Asia, flow along their almost entire lengths in
active rift troughs. Along the western arm of the East Afri-
can rift valleys, Lake Tanganyika receives (surface eleva-
tion at 773 m a.s.l.) the excess waters of Lake Kivu (at
1,460 m) by means of the south flowing river Ruzizi that
came into being only 10,600 years ago and may have
stopped flowing between 8 and 6,000 years ago (Felton
et al., 2007), showing the sensitive dependence of rift sed-
imentation on the global climate. Farther north, just
beyond Kivu, Lake Edward (at 912 m) is connected to
Lake Albert (at 619 m) through the northerly flowing river
Semliki. Lake Albert in turn feeds the Nile northwards via
the river Albert Nile (White Nile or “Bahr al Jebel,” i.e.,
“the river of the mountain”).

In the sedimentary record, the rift facies is commonly
characterized by thick (2–15 km) clastic sequences with
rapid thickness and facies changes both laterally and ver-
tically. If the rifts are underwater and far from clastic
sources, they may house carbonate and even siliceous sed-
imentary sections as illustrated by the Alpine Triassic-
early Jurassic facies. There, a continuous passage from
late Triassic shallow water carbonates via a horizon of
extensional-faulting-related neptunian dykes filled with
progressively deepening facies and finally covered
entirely by radiolarian cherts indicates a stretching basin
floor as it deepened. That no shoulder uplift is indicated
by any unconformities suggests that the Alpine rift was
asymmetric with a major south-dipping detachment, and
that the rocks on the hanging wall block never experinced
normal-fault-related upheaval. If catastrophic marine
invasion occurs, then sediments at once blanket the
preexisting topography.

For good reviews of sedimentation in rifts, see Frostick
et al. (1986), Lorenz (1988), Olsen and Schlische (1990),
Leeder (1995), Şengör (1995), Beratan (1996), also
the section entitled “Rift Basins” in Einsele (2000,
pp. 543–560).
Magmatism in rifts
Rift magmatism is extremely variable because the tectonic
environments in which rifts form are so diverse (see
below). Rifts that form above mantle plumes (see Mantle
Plumes) in plate interiors away from plate boundaries
may begin their activity with restricted volumes of alkalic
basalts indicating limited partial melting of mantle mate-
rial at depth and may evolve towards abundant tholeiitic
effusions as the temperature at depth increases and more
and more mantle rock is melted, as, for example, illus-
trated by the evolution of the Afar plume in east Africa.
Most geologists take alkalic to peralkalic magmatism as
indication of extensional tectonics. The frequent associa-
tion of nepheline syenites, kindred alkaline igneous rocks,
and carbonatites (alkalic rocks and carbonatites [ARCs])
with intracontinental rifts has been taken by Burke et al.
(2003, 2008) to argue that deformed rocks of the same
compositions (deformed alkalic rocks and carbonatites
[DARCs]) that have been shown to characterize suture
zones in regions in Asia, Europe, Africa, and North
America are nothing but ARC rocks that erupted into
intracontinental rifts that became involved in a Wilson
cycle of ocean opening and closing. This has been shown
to form a powerful tool to map suture zones where other
suture indicators such as ophiolites or subduction-related
rocks may be missing. However, to think that rifts gener-
ate only alkalic magmatic rocks is clearly too simplistic.
Those rifts that form along magmatic arc systems, for
instance, inevitably have calc-alkalic magmas and those
that form above recently thickened continental crust may
generate vast quantities of calc-alkalic andesitic/rhyolitic
melts. Rifts forming in back-arc regions, such as those in
the Aegean, contain volcanic rocks showing evidence for
a metasomatised mantle beneath them (e.g., the so-called
Kulaites, i.e., hornblende basalts, in western Turkey:
Richardson-Bunbury, 1996). Large amounts of silica-rich
magmatic rocks may be generated if mantle plumes
manage to melt large quantities of continental crust while
ascending or if fractional crystallization is allowed to
proceed undisturbed (e.g., the Cretaceous tin granites in
Nigeria or the Cainozoic granites in Scotland; see Wiart
and Oppenheimer, 2004 for an acitve example in Afar).
Some rifts such as Tanganyika or Baykal are almost
entirely devoid of magmatism, while others such as the
late Palaeozoic Oslo Rift have floors made up entirely of
magmatic rocks. Some Atlantic-type continental margins,
which grew out of disrupted rifts, are called “volcanic,”
whereas others, “non-volcanic,” because they descended
from rifts with similar magmatic characteristics.

It is naive to think that lithospheric extension generates
only certain kinds of magmatic rocks without considering
the tectonic environments that gave rise to the extension
and in which the extension proceeds. It is therefore
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imperative to look at the diversity of the environments
which generate rifts.

For good reviews of magmatism in rifts, see Kampunzu
and Lubala (1991), Kinnaird (1998), Ulrych et al. (1999),
Burke et al. (2003, 2008), Wilson et al. (2004), Yirgou
et al. (2006); also the special section on magmatism and
extension in Journal of Geophysical Research, vol. 100
(1995).
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Continental Rifts, Figure 6 Thermal regime of rifts with
a simple geotherm. (a) Immediately after the stretching, both
the crust and the lithospheric mantle thin and isotherms
become crowded under the rift increasing the heat flow in the
rift. Although no particle in the rift basement will become any
hotter. (b) After stretching ceases, isotherms begin to subside.
(c) When the lithosphere “recovers,” the rift will end up with
more lithospheric mantle beneath it and will have a heavier
substratum that will subside and pull its surroundings with it
creating an “intracratonic basin” overlying the rift. This is called
a “bovine head” cross-section because of its resemblance to
a long horn ox. While the basin subsides, its margnis will be
elastically uplifted (solid line above c), but may relax
viscoelastically in time (dotted line above c). Here the margins
are shown only on one side for graphic convenience, but
naturally the events will take place all around the basin.
Metamorphism in rifts
Continental rifts are not commonly thought of as prime
loci of metamorphic events, but four different kinds of
metamorphic rocks do occur in them. In increasing impor-
tance: (1) contact metamorphic rocks around rift-related
magmatic rocks, (2) hydrothermal metmorphism
around vents, (3) burial metamorphism due to large sedi-
ment thicknesses, and (4) metamorphic rocks that form
within the continental crust and are brought to surface by
rifting.

There is little to say about the first kind of metamorphic
rocks in rifts as they are no different from any other con-
tact metamorphic rock. Hydrothermal metamorphism is
important in many rifts because of the high heat flow
and the continuous opening of extensional fractures
allowing hot waters to circulate (e.g., Crane et al., 1991).
Burial metamorphism is not common in rifts unless they
accumulate very large thicknesses of sediment quickly,
sufficient to raise the temperature and pressure conditions
to initiate metamorphism. If we assume a normal geother-
mal gradient (�3�C/100 m; see Heat Flow, Continental),
an accumulation of about 4 km of sediment would be suf-
ficient to initiate metamorphism by raising the tempera-
ture beyond 120�C. Jackson (1987) argued, however,
that because earthquake hypocenters in rifts are seldom
deeper than 10 km, at least beyond that depth rocks must
be metamorphic. But since there are earthquakes down
to 30 km in the east African rifts system, it is questionable
how sound an argument that is. It is true, however, that rift
sediments are seldom metamorphosed beyond greenshist
grade because they are seldom stretched enough and sel-
dom accumulate sufficient thicknesses of sediment to heat
the rocks beyond 320�C. Smith (1976) pointed out, for
example, that at the bottom of the about 16 km-thick Gulf
Coast sediment pile, the temperature may be just about
320�C under 4 kb pressure. But this ignores both the radio-
active heating of the pile (see Radiogenic Heat Production
of Rocks) and raising the geotherm by stretching. However,
even when the crust is stretched, every particle in the
stretched crust must cool, unless the rift trough is rapidly
sedimented (Figure 6; McKenzie, 1978; Jackson, 1987).
Although it has been suggested that some high-grade meta-
morphic rocks did form in a rift environment (Wickham and
Oxburgh, 1985), it was a result of mistaking an orogenic
environment for a taphrogenic one, although from else-
where allegedly rift-related metamorphism creating high-
grade gneisses has been reported on the basis of condensed
metamorphic zones and absence of associated plutonism
(e.g., St-Onge and King, 1987). However, I am unaware
of any well-documented metamorphic terrane that formed
as a consequence of rift burial.

By contrast, large normal faults of the kind shown for
the advanced asymmetric rifts in Figure 3 may pull up
rocks from the lower continental crust that may have
been metamorphosed even up to granulite facies as shown
by many extensional metamorphic core complexes. But
in this case, the metamorphism is not caused by rifting,
but it is exposed by rifting. In fact, as the rocks ascend



Solitary rift
(g1)

Rift star
(g2)

Rift chain
(a) (g3)

Rift chain
(b) (g3)Rift cluster

(g4)

Rift net (g5)

Continental Rifts, Figure 7 The geometric classification of taphrogens. (After Şengör, 1995.)
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in the footwall, they get retrograded, which is directly
caused by rifting.

Formetamorphism in rifts, seeArmstrong (1982), Jackson
(1987), Lister and Davis (1989), Block and Royden (1990),
Verdel et al. (2007).

Kinds of rifts
A classification of rifts must serve to answer the questions:
how many different sorts of environments lead to litho-
spheric extension and what kinds of rifts form in these
environments? In essence, one must specify where and
how taphrogens commonly form. If taphrogeny stops
before producing ocean, it causes subsidence and creates
large basins (called “koilogens” by Spizaharsky and
Borovikov, 1966, pp. 113ff.) overlying taphrogens
(Figure 6; cf. McKenzie, 1978; Şengör, 1995). A compre-
hensive synthesis of various taphrogen types does not yet
exist. Below is a restatement of Şengör’s (Şengör, 1995;
Şengör and Natal’in, 2001) classification of types of
rifts that make up the main elements of taphrogens. That
classification is hierarchical and goes from pure geometry
to dynamics (Figure 8). Its hierarchical nature allows
the environment and the path of formation of a given rift
to be determined. For numerous examples of each
of Şengör’s categories, see Şengör and Natal’in (2001).
In this section, references already given in Şengör (1995)
and in Şengör and Natal’in (2001) are not repeated.

Şengör’s classification has three different categories
that do not completely overlap, namely geometric, kine-
matic, and dynamic. In the following, the three different
categories are identified with their initials, i.e., g, k, and
d, respectively.
Geometric classification of rifts
Rifts or groups of rifts forming individual taphrogenic units
display five kinds of fundamental map patterns (see Fig-
ures 7 and 8). From simplest to more complex, these are:

g1 – Solitary rifts: Solitary rifts form small, fairly insignif-
icant, and very rare taphrogens and are extremely diffi-
cult to ascertain in the geological record because it is
commonly hard to tell whether a given rift fragment is
isolated or part of a larger taphrogen (for
a comparable difficulty in shortening structures, ima-
gine a big solitary fold or a large thrust fault!).

g2 – Rift stars: Rift stars form when more than two rifts
radiate away from a common center, building
a roundish taphrogen. Rift stars are very common fea-
tures of the structural repertoire of our planet today.

g3 – Rift chains: When several rifts are aligned end-to-end
along linear/arcuate belts of rifting, they form rift chains.
The East African Rift System constitutes the best-known
active rift chain in the world. Solitary rifts or rift stars or
combinations of these may be connected to form differ-
ent kinds of rift chains (e.g., Figure 7 rift chains a or b).

g4 – Rift clusters: When several subparallel rifts occur in
roughly equant areas, they are said to form a rift cluster.
The two best-known active rift clusters in the world are
the Basin-and-Range extensional area in North Amer-
ica and the Aegean Sea and the surrounding regions
(see Figure 5).

g5 – Rift nets: Rift nets constitute a rare pattern, which
comes about when rifts form a roughly checkered pat-
tern as in the Proterozoic basement of the East European
platform or in the late Mesozoic in central North Africa
(cf. Şengör and Natal’in, 2001). They resemble
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chocolate-bar boudinage, as seen in the Proterozoic
basement of eastern Europe (Figure 5), and may have
a similar origin, but more commonly rift nets form in
complex and rapidly shifting stress environments in
which dominant extension directions change fast. Many
rift nets in fact may represent two superimposed rift
clusters.
Kinematic classification of rifts
Because rifts are ubiquitous in all stages of the Wilson
Cycle of ocean opening and closing, the kinematic charac-
teristics of the plate boundaries have been taken as a basis
for classifying them according to the environment of the
overall displacement and strain in which they form (see
Figure 8). There are three types of plate boundaries plus
the plate interiors, to which four types of rift families cor-
respond. In addition, incompatibilities arise around some
unstable intracontinental triple junctions leading to com-
plex rifting that should be treated separately from the other
four classes, thus creating a fifth kinematic class, called
“triple-junction rifts.”
k1 – Intraplate rifts: Rifts surrounded entirely by
undeformed lithosphere occupy this category. Such rifts
are usually solitary, small, and rare (the difficulty in
forming them is analogous to that forming a solitary
fold or a nappe surrounded by entirely undeformed ter-
rain), and are not easy to identify in the geological his-
tory. The Lake George and Lake Champlain rifts in the
northeastern USA are active examples (see Seismicity,
Intraplate).

k2 – Rifts associated with divergent plate boundaries:
These rifts result from plate separation along nascent
extensional boundaries. All the Cainozoic rifts in east
Africa belong here. This category of rifts may be further
subdivided into two classes as follows:
k21 – Rifts that form following an episode of doming:
the divergent boundary along which rifts form is in
this case preceded by an episode of lithospheric dom-
ing. The East African Rift Valleys are the best-known
examples of such rifting (see Isostasy, Thermal).

k22 – Rifts that form with no pre-rift doming: in this
case, rifts form without a prelude of uplift, as is the
case in the Salton Trough and the Gulf of California.



CONTINENTAL RIFTS 51
A good fossil example is the rifting of the Alpine
Neo-Tethys in the earlier Mesozoic.

k3 – Rifts that form in association with conservative plate
boundaries: conservative, i.e., transform fault, bound-
aries are those along which neither extension nor short-
ening is required by the regional slip vectors. However,
various reasons conspire to induce both extension and
shortening to occur along considerable stretches of
these boundaries. Rifts along conservative plate bound-
aries form in three different settings:
k31 – Transtensional conservative boundaries: if
a conservative boundary is opening up all along its
length because of a component of extension, it is
called transtensional. Many active rifts have
a transtensional component, and fossil examples of
such rifts may be recognized largely through the
structures they contain as shown by Olsen and
Schlische (1990). Dewey (2002) gave an exhaustive
analysis of the strain that develops in such rifts.

k32 – Pull-apart basins along conservative boundaries:
major strike-slip faults commonly have bends along
them that either facilitate (“releasing bends”) or
obstruct (“restraining bends”) slip along them.
Extensional basins form along the releasing bends,
in which the magnitude of extension equals the mag-
nitude of cumulative strike-slip offset along the
strike-slip fault since the formation of the releasing
bend. Such basins are called “pull-apart basins.”
Crowell’s (1974) fault-wedge basins are nothing
more than special cases of pull-apart basins.

k33 – Sphenochasms: not all basins created by second-
ary extension associated with strike-slip faults are
pull-apart basins. Some represent tears caused by
either an asperity or differential drag along the
strike-slip fault in one of the fault walls, in which the
amount of extension changes from a maximum along
the fault to zero at the pole of opening of the tear-
basin. S.W. Carey called such wedge-shaped rifts that
open towards a major strike-slip fault sphenochasms.

k4 – Rifts that form in association with convergent plate
boundaries: a large family of rifts forms in association
with convergent plate boundaries. In this group,
a first-order subdivision is between rifts associated with
subduction zones and rifts associated with continental
collision, although this may artificially split some
genetic groups, such as those rifts that presumably form
because of the tension generated by excessive crustal
thickening. The usefulness of the present grouping is
that it enables a rapid overview of the presently active
rift environments and comparison with ancient ones.
k41 – Rifts associated with subduction zones: environ-
ments of rifting associated with subduction zones
correspond to three different types of arc behavior,
namely, extensional, neutral, and compressional arcs.

k411 – Rifts associated with extensional arcs: an

extensional arc generally splits along the mag-
matic axis (if such an axis is already in existence)
forming a small rift chain. Such a situation is today
known from both the Okinawa rift and the Izu-
Bonin arc system. Such rifts commonly do not
get preserved intact, both because of the complica-
tions of the tectonic evolution of arcs involving
common changes of behavior and because of later
collisions with other arcs or continents.

In extensional arcs, rifts also develop orthogonal to
arc trend owing to the extension of the arc as it
bows out in front of an expanding marginal basin
(as, for instance, in Crete).

k412 – Rifts associated with neutral arcs: neutral arcs
have neither shortening nor extension across them.
Therefore, the only rifts that may form in neutral
arcs are those associated with arc-parallel strike-
slip faults, which may be classified in the same
way as the rifts that form along conservative plate
boundaries. More complex rift basins may origi-
nate along such arc-parallel strike-slip faults if
the sliver plate in the forearc area and its various
pieces rotate about vertical axes.

Pull-apart basins in arcs are difficult to recognize,
but the Sumatra Fault has several well-developed
examples along it.

Sphenochasms along strike-slip faults in arcs are
rarer still. Davis et al. (1978) have discussed two
possible examples: the more recent of which may
have created the “Columbia Embayment” by
motion along the Straight Creek fault in the latest
Cretaceous and the earliest Cainozoic.

k413 – Rifts associated with compressional arcs: in
compressional arcs crust commonly thickens and
lithosphere thins, both by heating and by eventual
delamination. The arc becomes shortened across
and elongated along its trend. This elongation
commonly generates rifts at high angles to the
trend of the arc. Rifts on the Altiplano in the Andes
are examples of such high-angle rifts.

k42 – Rifts associated with zones of continental colli-
sion: three different environments of rifting form
associated with the collision of continents: (1) Lines
of extension that radiate from points at which colli-
sion commences, (2) Regions of extension abutting
against sutures, and (3) Nodes of extension in areas
of complex deformation in fore- and hinterlands
shattered by collisions. Impactogens (k421), rifts
forming in intracontinental convergence belts
(k422), and pack-ice-type rifts (k423) correspond
with these three environments, respectively.

k5 – Triple-junction rifts: Triple-junction rifts form at or
near unstable intracontinental triple junctions, at which
plate evolution dictates the generation of “holes”
because continental lithosphere cannot be continuously
subducted.
Dynamic (genetic) classification of rifts
Rifts are also classified according to the origin of forces
(see Geodynamics) that lead to rifting (see Figure 6).
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Şengör and Burke (1978) proposed that stresses which
cause rifting may be imposed on the lithosphere directly
by the mantle beneath it (cf. Şengör, 2001) or they may
result from two-dimensional plate evolution. Accordingly,
they termed these two modes of rifting “active” and “pas-
sive.”Gans (1987) tried to replace these terms with “open-
system’ and “closed-system” rifting, respectively, which,
however, did not find general acceptance.

d1 – Active rifting: “Active rifting” is rifting caused by
mantle upwelling (see Earth, Density Distribution;Mantle
Convection) associated with plumes in the mantle (see
Mantle Plumes). Two views have been advanced to
explain the origin of the extension in domes rising above
hot-spot jets: one ascribes the rifting to basal shear stresses
induced by a spreading plume head beneath a dome. The
other holds the potential energy of the rising dome respon-
sible for driving the rifting. All of these factors probably
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crust
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Continental Rifts, Figure 9 Deeply rooted megastructures. (a)
Subduction-controlled orogens; (b) mantle-plume controlled,
i.e., active rifts and rootless megastructures; (c) collisional
orogens; (d) plate motion-controlled, i.e., passive rifts.
do contribute to maintaining the active rifting process
at its habitually slow pace of considerably less than
1 cm/a (see Geoid).

Plume-caused taprogens may be also termed deeply
rooted rifts and would be the extensional counterparts of
subduction-related orogens (Figure 9a, b). These can be
contrasted to collisional orogens that have lost their
subductive “anchors” and the passive rifts with no deep
mantle connections (Figure 9c, d).

d2 – Passive rifting: in the passive rifting mode, exten-
sion is caused by the two-dimensional motions of the lith-
ospheric plates and not by an autonomous interference
from the mantle (Figure 9d). In this mode of rifting, there
is no pre-rifting doming associated with a hot-spot
(Şengör and Burke, 1978). Kinematic mechanisms
reviewed above under the headings k22, k31, k32, k33,
k411, k412, k413, k421, k422, k423, and k5 all may form
rifts in a “passive rifting mode.”

There is only one kind of rift this classification does not
consider: rifts that form by propagating from an already
existing rift. Since propagation may take many forms, it
might be sufficient to indicate such rifts with the notation
d2 to indicate their passive mode of opening. The regional
geologist may use Figure 8 as a “flow chart” to follow the
evolutionary histories of the various kinds of rift basins he
encounters.
Conclusions
Although they constitute one of the three great continental
structure types and have serious relevance to human well-
being, rifts remain poorly known. This is largely because
there are still important technological difficulties in study-
ing them directly because of the large sediment thick-
nesses they contain and because their diversity is little
appreciated. They are so ubiquitous in all tectonic envi-
ronments that they tend to be overlooked in favor of other,
rarer, structures that may appear more prominent. It is
commonly not recognized that all kinds of structures, such
as magmatic arcs, collisional orogens, keirogens,
intracratonic basins all have associated rifts and, conse-
quently, people wishing to know about rifts tend not to
concern themselves with them. A stereotypic rift that com-
monly bedevils textbooks is one that disrupts a craton and
has alkalic or peralkalic vulcanism with a thick, mainly
nonmarine sedimentary fill, although there are many more
rifts in the world than those with such characteristics.
What is now needed in rift studies is a comprehensive syn-
thesis that takes into account this diversity.
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Synonyms
Geodynamo

Definition
Dynamo. Process for generating electrical current and
magnetic field by electromagnetic induction in a moving
conducting medium.
Geodynamo. Dynamo process in the fluid outer core that
generates Earth’s main magnetic field.

Introduction
It has been firmly established that the geomagnetic field
must be generated by a magnetohydrodynamic dynamo
operating in the Earth’s outer core. Thermal and composi-
tional buoyancy forces drive a convective circulation of
the liquid iron alloy. Assuming that a magnetic field is pre-
sent, electrical currents are induced in the moving fluid.
When the magnetic field associated with these currents
has the strength and geometry that is suitable for the induc-
tion process and no external source for the field is required,
this is called a self-sustained dynamo. The first approxima-
tion of the Earth’s core is a sphere with uniform electrical
conductivity, in contrast to technical dynamos, where the
currents are guided by a highly inhomogeneous distribution
of electrical conductors. In the former case, we speak of
a homogeneous dynamo. From a theoretical point of view,
homogeneous dynamos are more difficult to understand.
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Simple motions, such as differential rotation (as in an elec-
trical generator), are unable to drive a homogeneous
dynamo, and flow patterns of a certain complexity are
required. Until late into the twentieth century, dynamo the-
ory has been concerned mainly with the conceptual under-
standing of how, in principle, a magnetic field can be
generated in such an environment. Starting with models
by Glatzmaier and Roberts (1995), Kageyama and Sato
(1995) and Kuang and Bloxham (1997), realistic self-
consistent numerical simulations of the geodynamo became
available and have been successful in reproducing many
of the observed properties of the geomagnetic field. The
more fundamental aspects of the geodynamo are discussed
elsewhere (see Geomagnetic Field, Theory). Here, the pro-
gress in understanding the geodynamo based on numerical
modeling and comparing its results with specific properties
of the geomagnetic field is addressed.

Dynamo model concept and equations
Model setup
In contrast to earlier kinematic dynamo models, where the
flow is prescribed, modern geodynamo models aim at
a fully self-consistent treatment of fluid flow and magnetic
field generation in the Earth’s outer core. There are some
basic requirements for a realistic model: (1) The mecha-
nism for driving flow by thermal or compositional
buoyancy must be part of the model. (2) Because an
axisymmetric field cannot be generated by a dynamo
(Cowling’s theorem), the model must be fully three-dimen-
sional. (3) The model must be rotating because Coriolis
forces are important to generate a flowpattern that is condu-
cive for the dynamoprocess. The basic setup of geodynamo
models is that of a rotating spherical shell of outer radius ro
and inner radius ri, filled with a fluid of uniform conductiv-
ity, which represents Earth’s outer core (Figure 1). For this
g

Ω

Core Dynamo, Figure 1 Columnar convection in a rotating
spherical shell. The inner core tangent cylinder is shown by
broken lines. Under Earth’s core conditions, the columns would
be thinner and more numerous. (From Christensen, 2010b,
Copyright: Cambridge University Press.)
system, the coupled equations for convection-driven flow
and electromagnetic induction are solved. A detailed
account on fundamental aspects of convection in rotating
spheres is given in Jones (2007), and modeling aspects
and the commonly employed numerical schemes are
discussed in Christensen and Wicht (2007).
Dynamo equations
The relevant magnetohydrodynamic equations are usually
written in non-dimensional form. A possible scheme for
scaling the equations is to use the shell thickness
D ¼ ro � ri as length scale, the viscous diffusion time
D2=n as timescale (n is kinematic viscosity), ðrO=sÞ1=2
for the scale of the magnetic field B and the imposed tem-
perature contrast DT between inner and outer boundary
for temperature T (r is density, s electrical conductivity
and O rotation rate). The Navier–Stokes equation for the
velocity u, augmented by rotational and electromagnetic
forces, is

E
@u
@t

þ u � Hu
� �

þ 2ẑ� uþ HP

¼ EH2uþ RaE
Pr

r
ro
T þ 1

Pm
ðH� BÞ � B:

(1)

The terms on the left-hand side describe in order the

inertial force, the Coriolis force (with ẑ the unit vector
parallel to the rotation axis) and the gradient of the non-
hydrostatic pressure П. The terms on the right-hand side
stand for viscous friction, thermal buoyancy forces and
the Lorentz force.

The magnetic induction equation, obtained from Max-
well’s equations and Ohm’s law for a moving incompress-
ible conductor, is

@B
@t

þ ðu � HÞB ¼ ðB � HÞuþ 1
Pm

H2B; (2)

where the second term on the LHS describes magnetic
field advection and the terms on the RHS magnetic
field generation and diffusion, respectively. Magnetic dif-
fusion is a consequence of the ohmic resistance that
damps the electrical currents associated with the magnetic
field.

The advection–diffusion equation for temperature is

@T
@t

þ u � HT ¼ 1
Pr

H2T þ e; (3)

with a heat source term e on the RHS. For compositional
convection, an equivalent equation holds where the con-
centration of light components replaces temperature. The
set of equations is completed by the condition of
incompressibility, which seems to be justified for Earth’s
core where density differences are moderate, and the con-
dition that B is solenoidal:

H � u ¼ 0; H � B ¼ 0: (4)
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The equations are complemented by boundary condi-

tions for the velocity, usually u ¼ 0, fixed temperature or
fixed heat flux at ro and ri, and a continuity condition for
the magnetic field at ro that links the field in the dynamo
with an external potential field that decays with radius. Sim-
ple models assume the inner core to be insulating, but in
many cases it is taken as an electrical conductor with the
same conductivity as in the outer core. It has been suggested
that the finite conductivity of the inner core plays an impor-
tant role for preventing frequent dipole reversals of the
geodynamo, because a dipole reversal can only be com-
pleted successfully if the new polarity persists for the time-
scale of diffusive dipole decay in the inner core, r2i =ðp2lÞ,
which is several thousand years. However, this is contested
by dynamomodels that show little differences between sim-
ulations with a conducting or an insulating inner core.

Parameters
The four non-dimensional control parameters in these
equations are defined in Table 1. In dynamo models, the
values of most of these parameters fall short of their
extreme values in the Earth’s core. For practical reasons,
it is not possible to resolve the very small spatial structures
that occur at realistic parameter values. The Rayleigh num-
ber Ra describes the ratio between buoyancy driving con-
vection and retarding effects. In the core, it is much larger
than the critical value for the onset of convection, Rac,
while models are more moderately supercritical
(Table 1). The discrepancy is by ten orders of magnitude
for the Ekman number E, the ratio of viscous forces to
Coriolis forces. The very small core value of E indicates
that viscous forces are negligible, except in very thin
Ekman layers at the boundaries to the solid mantle and
inner core. The magnetic Prandtl number Pm, the ratio
of viscosity to magnetic diffusivity, is very small for liquid
metals, but must be set to a value of order one to obtain
a self-sustained dynamo in present models. Only the
(hydrodynamic) Prandtl number Pr, the ratio of viscosity
to thermal diffusivity, is of order one in the core and in
re Dynamo, Table 1 Dynamo parameters. a thermal expansiv
ntrast across core, k thermal diffusivity, n kinematic viscosity, O
fusivity, U characteristic flow velocity, B characteristic magnetic

Control parameters

Rayleigh number Ekman numb

finition Ra ¼ agoDTD3=ðknÞ E ¼ n=ðOD2

re 104Rac 10�15�10�1

dels (1�100) Rac 10�6�10�2

Diagnostic numbers

Magn. Reynolds no. Reynolds

finition Rm ¼ UD=l Re ¼ UD=
re 103 109

dels 40–2,000 <2,000
dynamo models. In terms of physical parameters, the vis-
cosity and the thermal diffusivity are far too large in the
models and, in most cases, the rotation rate is too small.

Several dimensionless diagnostic numbers can be
formed with the characteristic flow velocity U and mag-
netic field strength B in the dynamo (Table 1). The veloc-
ity in Earth’s core can be estimated from the geomagnetic
secular variation under the assumption that the magnetic
flux at the core surface is approximately frozen into the
moving fluid (Alfvén’s theorem), which is the case when
the diffusion term in Equation 2 can be neglected. In this
case, the variation of the radial magnetic field component
Br at the core-mantle boundary can be written

@Br=@t þ Hh � ðuBrÞ ¼ 0: (5)

where the suffix h indicates the horizontal part of the
divergence operator. Additional assumptions are needed
to infer the velocity at the top of the core (below the
Ekman layer) from the observed Br and its time derivative,
but the flow pattern obtained from these inversions are
broadly similar and the characteristic velocity is approxi-
mately 0.5 mm/s (Holme, 2007). The characteristic field
strength inside Earth’s core is probably in the range 1–4
mT, as will be discussed further below.

The most important diagnostic number is the magnetic
Reynolds number Rm, which describes the ratio of mag-
netic advection and induction to magnetic diffusion. In
order for induction effects in a dynamo to overcome the
diffusive dissipation of magnetic field, it is expected that
Rm must be larger than one. Practically, it turns out that
self-sustained magnetic field generation occurs in
geodynamo models when Rm exceeds approximately 40.
Using U � 0.5 mm/s, the magnetic Reynolds number is
of order 1,000, safely above the critical limit. Also,
Rm 	 1 is a condition for Equation 5 to apply. Still, the
value of Rm in the Earth’s core is moderate and can be
handled in direct numerical simulations. This contrasts
with the much larger values of Rm in other cosmic dyna-
mos, which requires that magnetic induction and diffusion
ity, go gravity at core surface, DT superadiabatic temperature
rotation rate, D outer core thickness, l ¼ 1=ðmosÞ magnetic
field strength, mo magnetic permeability, r density

er Magn. Prandtl number Prandtl number

Þ Pm ¼ n=l Pr ¼ n=k
4 10�6�10�5 0.1�1

0.1–10 1

no. Rossby no. Elsasser no.

n Ro ¼ U=ðODÞ L ¼ B2=ð2molrOÞ
10�7 0.1–10
10�2–10�4 1–100
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effects at small unresolved scales are parameterized by
applying concepts of the mean-field dynamo theory. The
ability to solve for magnetic induction and diffusion in
Earth’s core directly without parameterizations is proba-
bly the main reason for the success of geodynamo models.

The (hydrodynamic) Reynolds number Re is much
smaller in the models than it is in the core where it is of
the order 109, indicating a highly turbulent regime. Conse-
quently, dynamo models miss the small eddies that are
expected to exist in the core. Viscosity kicks in only at
length scales of some meters to suppress even smaller
structures in the flow. However, the small eddies are
unimportant for the magnetic induction process, because
the magnetic diffusivity, which is Pm�1 ¼ 106 times
larger than the kinematic viscosity, homogenizes the mag-
netic field at scales of less than several tens of kilometers.

The Elsasser number L describes the ratio of Lorentz
forces to Coriolis forces. In the Earth’s core, both forces
are assumed to be of leading order. A balance in Equation 1
that is dominated by these two forces (plus the pressure
gradient force) is called a magnetostrophic balance.
The magnetostrophic state is often associated with an
Elsasser number of order one. Many present dynamo
models match this value of L.

The Rossby number Ro describes the ratio of inertial
forces to the Coriolis force and is very small in the core.
In models, it is less than one, although larger than the core
value. Instead of forming the Rossby number with the
global length scale D, a more appropriate measure for
the ratio of the two forces is obtained by using the charac-
teristic length scale ‘ of the flow (local Rossby number
Ro‘). The value of Ro‘ is difficult to estimate for the core,
but model values and the Earth value may be in better
agreement than they are for Ro.
Energetics of the geodynamo
Although the decay of radioactive isotopes in the core may
contribute to some degree to the core heat flux, most of the
buoyancy that drives convection in the outer core is asso-
ciated with secular cooling. The sluggish convection in the
mantle controls the heat flux through the core-mantle
boundary in terms of its magnitude and its spatial distribu-
tion, which is expected to be rather heterogeneous. Recent
estimates put the heat flow at the core-mantle boundary
into the range of 5–15 TW (Lay et al., 2008). For thermal
convection to occur, the temperature gradient must reach
or exceed the adiabatic gradient. Because iron is
a comparatively good conductor, 3–8 TW can be
transported by thermal conduction along an adiabatic gra-
dient. This fraction of the heat flux is lost for driving the
dynamo. For values of the heat flux near the low end of
estimates and of the potential conductive flux near the
upper end, a stable thermal stratification at the top of
the core could exist. A consequence of core cooling is
the slow growth of the solid inner core by freezing iron
on its outer boundary. The associated latent heat release
balances roughly one half of the heat loss from the core
and renders the deep fluid core thermally unstable even if
the top layer is not. The relative depletion of light alloying
elements in the solid core is balanced by an enrichment in
the residual fluid above the growing inner core, which
drives compositional convection. Estimates for the work
done by thermal and compositional buoyancy forces are
of the order W � 1 TW (Nimmo, 2007). Compositional
buoyancy contributes roughly two thirds to it. This energy
flux is available to generate magnetic field and balance the
associated ohmic dissipation. Viscous dissipation is usu-
ally assumed to play a minor role in the core.

Flow pattern and dynamo mechanism
The pattern of flow is strongly controlled by the Coriolis
force. It is different for the regions inside and outside the
inner core tangent cylinder. This is an imaginary cylinder
aligned with the rotation axis and touching the inner core
at the equator, which is shown by broken lines in Figure 1.

Flow outside tangent cylinder
Outside the tangent cylinder, the flow is organized in con-
vection columns aligned with the vector of rotation, with
the flow encircling the column axis (Figure 1).
Superimposed is a circulation along the column axis that
is directed towards the equatorial plane in columns with
a cyclonic sense of rotation and away from the equator
in anticyclonic columns. This results in helical flow, in
which particles move on corkscrew-like trajectories. The
helicity, H ¼ u � ðH� uÞ, is coherently negative in the
northern hemisphere and positive in the southern hemi-
sphere. Such helical flow is the basis for the a-effect,
which can convert an axisymmetric toroidal field into an
axisymmetric poloidal field, or vice versa, through inter-
mediate steps involving non-axisymmetric small-scale
fields (Moffatt, 1978). Because purely axisymmetric
fields cannot be maintained by a dynamo, this mechanism
plays an important role in the understanding of the
dynamo process. The a-effect has been introduced in the
context of mean-field dynamo theory, where it describes
the induction effects of small unresolved flow scales. In
geodynamo models and probably to some extent in the
Earth’s core, it is due to fairly large-scale convection col-
umns (Busse, 1975). The models suggest that the axisym-
metric toroidal field in the Earth’s core (which is invisible
from the outside) consists of a torus of westward-directed
field north of the equatorial plane and eastward field south
of the equatorial plane. The helical columnar flow con-
verts this to a dipolar poloidal field whose field lines can
leave the core (Figure 2). In some dynamo models, the
toroidal magnetic field is regenerated by the same ‘macro-
scopic a-effect from the poloidal magnetic field
(a2 dynamo, Olson et al., 1999). In other geodynamo
models, the shearing of poloidal field lines by differential
rotation, the O-effect, has been found to play an important
role for toroidal field generation (aO-dynamo), but essen-
tially all models confirm that the helical columnar convec-
tion produces the dipolar poloidal field component.



Core Dynamo, Figure 2 Bundle of magnetic field lines in
a simple geodynamo model (E = 10�3, Ra/Rac=1.8, Pm = 5,
Pr = 1). The yellow blobs are anticyclonic vortices. Strong
inward magnetic flux is shown in blue on the outer core
boundary and outward flux in red. The NS-running part of the
field lines represents poloidal magnetic field, and the EW-
directed segments form the axisymmetric toroidal magnetic
field, which consists of two bundles of opposite directions in the
two hemispheres. The same field structure repeats periodically
in longitude. (Courtesy of Julien Aubert.)
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Although at low Ekman number and high Rayleigh num-
ber the simple columns give way to a more complex and
turbulent pattern, the vortices are still elongated in the
direction of the rotation axis and retain a coherent helicity
in each hemisphere.

Strong concentrations of magnetic flux in the present
geomagnetic field centered below North America and
Sibera, which have counterparts at the same longitudes
in the southern hemisphere, are interpreted as evidence
for the presence of convection columns in the fluid core
(Gubbins and Bloxham, 1987) (Figure 3a). The conver-
gence at the core-mantle boundary associated with the
equatorward flow in the axis of cyclonic columns
(Figure 1) concentrates the poloidal magnetic field lines
into these flux lobes, assuming that the frozen-flux
assumption is approximately valid. In simple models, such
as that in Figure 2, the fluxes lobes are associated with
a single columnar vortex. Dynamo models at lower
Ekman number and strongly supercritical Rayleigh num-
ber show similar high-latitude flux lobes in their magnetic
fields when they are low-pass filtered to the resolution of
the geomagnetic core field, roughly up to spherical har-
monic degree 13 (e.g., Figure 3b). In this case, and proba-
bly in the Earth’s core, the large-scale magnetic flux
concentrations are due to the superposition of strong but
complex and smaller-scale magnetic field structures, each
associated with a separate convection column.

Flow inside tangent cylinder
In the polar regions inside the tangent cylinder, many
dynamo models show an upwelling plume at or near the
rotation axis. Because of the action of Coriolis forces,
the plume is associated with an eastward vortex motion
near the inner core and by a westward vortex motion near
the core-mantle boundary, which is called a thermal wind
circulation. A westward vortex motion in the polar cap
region at the top of the core has also been inferred from
the observed geomagnetic secular variation (Hulot et al.,
2002). A polar plume is associated with flow that diverges
away from the rotation axis below the core surface, which
disperses poloidal magnetic field lines. This is seen in
many geodynamo models (e.g., Figure 3b) and can
explain the weak magnetic flux in the north polar region
of the core (Figure 3a). It has been suggested that the solid
inner core couples electromagnetically to the eastward
vortex motion of the overlying fluid, which leads to
a superrotation of the inner core with respect to the mantle
and crust. While perfect coupling to the outer core flow
would lead to superrotation rates in excess of a degree
per year (Glatzmaier and Roberts, 1996), gravitational
coupling between the inner core and the mantle can slow
down the rate. Seismological evidence indicates
a superrotation at a fraction of a degree per year.

Field properties
Field strength inside the core
How strong is the magnetic field inside Earth’s core?
Observations allow to constrain the strength of the
poloidal field at the core-mantle boundary, which is pres-
ently 0.26 mT for the dipole field alone and 0.39 mT in
spherical harmonic degrees from 1 to 13. It is not known
how much the small unresolved length scale add to the
field at the top of the core, but possibly they double this
value. Inside the Earth’s core, the poloidal field is
expected to be stronger than at the outer boundary, and
the toroidal component also contributes. Suggestions that
the toroidal field, if generated by an intense O-effect,
could be much stronger than the poloidal field are not
supported by geodynamo simulations. In most of them,
the magnetic energy is equipartitioned between the two
field components. The dynamo models suggest that the
characteristic field strength inside the dynamo is around
5–15 times the dipole field strength on the outer boundary,
which puts it into the range of 1–4 mT.

The field strength inside Earth’s core can be probed
directly by the observation of torsional waves and oscilla-
tions. To the extent that viscous and inertial forces are neg-
ligible, the azimuthal Lorentz force integrated over the



Core Dynamo, Figure 3 Radial magnetic field at the core-mantle boundary, red (full lines) inward and blue (broken lines) outward.
(a) Geomagnetic field in 2010. (b) Dynamo model with dominant dipole contribution (E = 10�5, Pm = 0.8, Pr = 1, Ra/Rac = 114).
(c) Multipolar dynamo model (E = 10�5, Pm = 0.5, Pr = 1, Ra/Rac = 161). The model magnetic fields are low-pass filtered to the
resolution of the geomagnetic field.
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surface of cylinders that are aligned with the rotation axis
(geostrophic cylinders) must vanish in the so-called Tay-
lor state. Perturbations of the Taylor state will results in
torsional oscillations or torsional waves, consisting of an
oscillatory differential rotation between the geostrophic
cylinders. Magnetic field lines that permeate adjacent cyl-
inders act like elastic strings and provide a restoring force
when the cylinders are displaced relative to each other.
The frequency of torsional eigenmodes and the wavespeed
of traveling waves is directly related to the rms strength of
the field componentBs in the cylindrically radial direction.
The identification of torsional modes andwaves in the sec-
ular variation data set is somewhat tentative, but is
supported by a correlation between the inferred large-scale
motion in the core and changes in the rotation rate of the
solid part of the Earth (length-of-day changes) caused by
angular momentum exchange between core and mantle
(e.g., Holme, 2007). Torsional waves have led to estimates
for the characteristic Bs-value ranging from 0.2 to 2 mT.
Values near the upper end of this range for Bs agree with
the dynamo model estimates for the total field assuming
that the core field is statistically isotropic.
Scaling laws
An important question is what controls the magnetic field
strength of the geodynamo and of planetary dynamos in
general. It has been suggested that the magnitude of the
internal core field is determined by a magnetostrophic
force balance, meaning that the magnetic field inside
Earth’s core is driven towards a value that makes the
Elsasser number (Table 1) to be of order one, i.e.,

B / ð2rO=sÞ1=2: (6)

This results in B � 2 mT in good agreement with the

above estimates. A different line of argument is based on
the power available to balance ohmic dissipation. With
some assumptions on how the length scale of the magnetic
field in the core depends on the vigor of convection, this
leads to

B / m1=2o r1=6 P1=3; (7)

where P ¼ W=ð4pr2oÞ stands for the power per unit area of
the core surface. With the current estimates for W Equa-
tion 7 results in a similar value of the field strength as
the Elsasser number rule. However, the two scaling rules
are radically different; in Equation 6, the field strength is
independent of the energy flux, and in Equation 7, it does
not depend on rotation rate or electrical conductivity. Sets of
dynamo simulations that cover a substantial range in these
properties, or their counterparts in terms of the non-
dimensional control parameters, support the power-based
scaling law (Equation 7). Furthermore, they show no signif-
icant dependence of the field strength on the viscosity. This
may indicate that although current dynamo simulations are
far too viscous (too high Ekman number), the viscosity is
sufficiently low to not play a dominant role. However,
testing this by further lowering the viscosity is desirable.
The validity of the power-based scaling rule is also
supported by the finding that it gives the right order of mag-
nitude of the field strength for various convection-driven
dynamos in rapidly rotating cosmic objects including Earth,
Jupiter, and low-mass stars. A detailed discussion of
dynamo scaling laws is given in Christensen (2010a).

Magnetic field geometry
While the rotation rate seems to have little influence on the
field strength inside dynamo models, it probably controls
the magnetic field morphology. In some geodynamo
models, the magnetic field on the outer boundary resem-
bles the Earth’s field at the core-mantle boundary
(Figure 3a and b) in terms of a dominant axial dipole and
also of structures associated with multipole contributions.
In other dynamo models, the dipole contribution is weak.
In some cases, the field is dominated by the axial quadru-
pole or is restricted to one hemisphere, but in most cases it
is irregular with contributions from a broad spectrum of
multipole components without a pronounced dominance
of a particular mode (Figure 3c). The selection of the field
geometry was found to depend on the (local) Rossby num-
ber. At low values (rapid rotation and moderate flow veloc-
ities), dynamos are dipolar, whereas for high values (slower
rotation and fast flow), they tend to be multipolar. In addi-
tion, boundary conditions and the mode of driving convec-
tion, i.e., either by secular cooling of the fluid core or by
the latent heat and light element flux from the growing solid
inner core, can play a role. The driving mode has changed
over geological time. Before the Earth’s inner core nucle-
ated, which is estimated to have occurred about 0.5–1.5
Gyr ago (Nimmo, 2007), the dynamo has been driven by
secular cooling alone, whereas thereafter the buoyancy
source is mainly located at the inner core boundary. How-
ever, dynamo simulations for the different scenarios (Aubert
et al., 2009) suggest that neither the geometry of the mag-
netic field nor its strength has changed very strongly. This
is in accord with the lack of paleomagnetic evidence for
drastic changes in the geomagnetic field since the Archean.

Secular variation
Timescales
The characteristic timescale of secular variation can be
defined by the square root of the power of the magnetic
field over the power in the time derivative of the field. This
can be done separately for each harmonic degree n. The
timescales decrease with increasing n. Aside from this
scale dependence, the secular variation time has been
found in dynamo models to vary with the inverse of the
magnetic Reynolds number Rm, as would be expected if
most of the secular variation is caused by the frozen-flux
advection of magnetic field. Using the observed secular
variation timescales to estimate the magnetic Reynolds
number (or flow velocity) in the core gives essentially
the same result, Rm � 1; 000, as the more complex inver-
sion of the secular variation for the core flow.
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Advection versus diffusion of field
The westward drift of magnetic field structures is a long-
standing issue. Some dynamo models show a persistent
and global westward drift, whereas others do not. Over
the past 400 years, magnetic field structures have system-
atically migrated westward in the Atlantic hemisphere, but
not in the Pacific hemisphere, where the amplitude of
secular variation is generally weaker. Dynamo models
support the notion that such hemispherical dichotomy
can be caused by coupling between the mantle and the
core, in particular by the heterogeneity of the core heat
flow caused by lower mantle thermal structure.

While much of the geomagnetic secular variation can
be attributed to frozen-flux advection in a large-scale cir-
culation, magnetic diffusion must play some role, in par-
ticular diffusion in the radial direction. It has been
suggested that intense flux spots of both polarities, which
are found in the geomagnetic field at low latitudes under
Africa and the Atlantic (Figure 3a), have been formed by
the expulsion of toroidal magnetic flux bundles through
the core surface Bloxham (1986), somewhat analogous
to the formation of sunspots. Because the toroidal field is
confined to the core, the emergence of such spots neces-
sarily involves diffusion, whereas their migration can be
caused by frozen-flux advection. Some geodynamo simu-
lations support such origin of equatorial flux spots. In
these simulations, the columnar convection acts on a pair
of toroidal flux bundles with opposite polarities and pro-
duces (anti) symmetric pairs of spots north and south of
the equator. However, the geomagnetic low-latitude field
pattern conforms at best marginally with this picture. An
alternative explanation to the concept of field expulsion
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by convective columns and migration due to a large-scale
westward flow is that, propagating hydromagnetic waves
in the core create a periodic pattern of upwelling and
downwelling that produces the belt of wave-train-like
magnetic field structures in the low-latitude Atlantic
hemisphere.

Magnetic field reversals
Several dynamo simulations show stochastic dipole rever-
sals. Often the details resemble remarkably well what is
known from the paleomagnetic record about geomagnetic
reversals (e.g., Wicht et al., 2009). They are rather short
events that interrupt long periods of stable polarity; both
complete reversals and aborted reversals (excursions)
occur; during a reversal the magnetic field is weak and
not dipole dominated (Figure 4). Most model studies of
reversal behavior have been performed with simple
dynamo models at rather high values of the Ekman num-
ber, because long simulation times are needed to capture
a fair number of these events. Reversing dipolar dyna-
mos are typically found in a parameter regime between
that of stable dipolar dynamos and of multipolar dyna-
mos. Driving convection more strongly for otherwise
identical conditions leads to very frequent and erratic
dipole reversals that have little significance because the
dipole is hardly ever dominating the magnetic field.
Lowering the Prandtl number has the same effect,
suggesting that strengthening the nonlinear inertial
forces relative to the Coriolis force favors non-dipolar
dynamo. Reducing the convective driving or increasing
the Prandtl number results in strong dipolar fields that
rarely or never reverse. In addition, boundary conditions
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affect the reversal frequency. In particular, it has been
shown that the pattern of heat flux at the core-mantle
boundary, which is controlled by the thermal state of
the lowermost mantle and varies on the long timescale
of mantle convection, has a strong influence on the
occurrence of reversals. This supports the assumption
that the drastic secular change in the reversal rate over
the past 200 Myr, which is observed in the paleomag-
netic record, is caused by changes in the amplitude and
pattern of core heat flow associated with
a reorganization of mantle convection, such as formation
and fading of superplumes. Although model studies have
led to a number of suggestions concerning the cause for
individual reversals, for example by the formation of
strong new plumes in the core, so far no generally
accepted concept for the reversal mechanism has
emerged.

Summary
Helical convection columns outside the inner core tangent
cylinder region play an essential role for our present
understanding of the geodynamo. Theory and numerical
simulations suggest that they are a fundamental element
of the circulation in the outer core, and that they play
a key role for the generation the Earth’s dipole-dominated
magnetic field. Certain details of the magnetic field struc-
ture at the core-mantle boundary are explained by such
columns. Somewhat less certain, but supported by several
lines of evidence, is the notion of rising plumes in the tan-
gent cylinder near the rotation axis that are associated with
weakmagnetic field and westward vortex flow in the polar
regions at the core-mantle boundary. However, much of
our current understanding is based on numerical dynamo
models that are far too viscous compared to the core.
Although there is some evidence suggesting that this does
not affect basic properties of the magnetic field, lowering
the viscosity in dynamo models is important to test
the robustness of our present results, even if models that
use actual core values of the viscosity are out of reach.
Modeling supports the notion that the magnetic
field strength is controlled by the available power that
drives the dynamo, not necessarily by a balance of Lorentz
and Coriolis forces, as has been often assumed.
Several dynamo models show dipole reversals that resem-
ble, in many respects, geomagnetic reversals, but a full
understanding of what causes reversals or controls the fre-
quency of geomagnetic reversals is missing.
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Definition, scope, and aims
The Earth is not a perfect timekeeper, and the spectrum of
the variations in the mantle’s angular velocity bV spans
a wide range of frequencies. Of particular interest here
are the comparatively large amplitude decadal and semi-
decadal variations in which changes in length of day, P,
of up to 2 ms occur. These would not be explained
even if the global circulations of the atmosphere and
oceans could be reversed. This is confirmed by a more
detailed argument given in our recent review (Roberts
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Core-Mantle Coupling, Figure 1 (a) LOD time series data from Ho
model from the “smooth” core flow inversion of Jackson (1997). Th
(b) Temporal derivative, dP/dt, of the smoothed time series data of
implied axial torque, bGz ¼ �ð2pbC=P2ÞdP=dt, on the mantle, where
(a) is arbitrary to within an additive constant, chosen here to obtain
and Aurnou, 2012), which will be referred to here as
“RA12.”

The origin of these length of day (LOD) variations must
be sought in the Earth’s core, and Figure 1 suggests that
the task is not an easy one. Figure 1b shows dP/dt, derived
by differentiating smoothed LOD data from the last half
century, with atmospheric, oceanic, and tidal signals
removed; semi-decadal time variations are clearly seen
with a period tLOD of about 6 years (e.g., Abarca del Rio
et al., 2000). Figure 1c shows the implied bGz as a function
of time t, where bGz is the component parallel to the polar
axis Oz of the torque bG exerted by the core on the mantle.
This shows that bGz of nearly 1018 Nm is generated. We
shall call this the “target torque” and seek its origin.

In addition, to the semi-decadal oscillations, larger var-
iations seem to exist having longer periods, one of which
is estimated to have a roughly 60 year period (e.g., Roberts
et al., 2007). This time scale is reminiscent of the geomag-
netic secular variation, and it is natural to seek
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a connection between them (e.g., Braginsky, 1970; Gillet
et al., 2010). Figure 1c supports this quest. It shows the
LOD data (Gross, 2001; Holme and de Viron, 2005) plot-
ted against the estimated LOD variations inferred from the
core flow models of Jackson (1997) that are based on
inversion of geomagnetic secular variation data. The qual-
itative agreement implies that the variations in LOD are
due to core-mantle angular momentum exchange associ-
ated with magnetohydrodynamic (MHD) processes in
the core.

This review will focus on variations in LOD, i.e.,
changes in Ozð� OÞ. Precession and nutation of the
Earth’s axis, which describe variations in Ox and Oy, are
also phenomena that cannot be satisfactorily explained
without invoking core-mantle torques, but they are
beyond the scope of this review. It will become clear that
torques on the Solid Inner Core (SIC) are also of interest.
Variables in the SIC will be distinguished by a tilde (�)
and those in the mantle by a hat (b). Except when making
general statements, unadorned letters will refer to vari-
ables in the Fluid Outer Core (FOC).

The four coupling processes
The torque on the mantle about the geocenter O is

bG ¼
I

bS r�
bT dA; where bTi ¼ �bSijnj; (1a,b)

sometimes called the “surface traction,” is the stress asso-
ciated with the normal and bSij is the total stress tensor;
r = r1r is the radius vector from O, r = |r|. The minus sign
in Equation 1b arises because our unit normal, n, to bS, the
Core Mantle Boundary (CMB), points into the mantle.
The axial torque, i.e., the component of bG along the rota-
tion axis Oz, is

bGz ¼ �
I

bS s
bSfn dA; (1c)

where s is distance from the z-axis. For the torque on the
SIC, we have similarly

eG ¼
I

eS r�
eT dA; eTi ¼ eSijnj;

eGz ¼
I

eS s
eSfn dA;

(1d,e,f )

there is no minus sign in Equations 1e, f because our unit
normal, n, to the Inner Core Boundary (ICB) points out of
the SIC.

Equation 1a tacitly assumes that the core alone exerts
a torque on the mantle; sources of torque from outside
the Earth are ignored, and therefore

Gþ bGþ eG ¼ 0;

Mþ bMþ eM ¼ constant;
(1g,h)
where G is the torque on the FOC; M, bM and eM are the
corresponding angular momenta. Equation 1g implies
that, if one of the three torques changes, so do one or
two of the others, in the opposite sense. The system is, in
this respect, self-regulating. We shall treat the mantle
and SIC as rigid bodies below.

Stress is exerted on the CMB in four ways: through vis-
cosity, topography, gravity, and magnetic field, and there
are correspondingly four parts to each of Sij, T and G,
e.g., bG ¼ bGV þ bGT þ bGG þ bGM . The topographic and
gravitational torques depend on the non-sphericity of bS
and eS. For the others, negligible error is made by replacing
the CMB and ICB by spheres, bS
 and eS
, of radii ro and ri.
The torques will be estimated below.

The viscous torque
Assuming uniform fluid density, r, and kinematic viscos-
ity, n, the part of the viscous stress tensor, bSVij , responsible
for bTV

i is rnHjVi, i.e., bTV ¼ �rnðn � HÞV � �rn@rV so
that, by Equations 1a, c,

bGV ¼ �rn
I

bS r� @rV dA;

bGV
z ¼ �rn

I

bS s@rVf dA:
(2a,b)

These torques involve only the radial gradient of the fluid
velocity, V. This tends to drag the mantle in the direction
of the subsurface flow.

The viscosity of core fluid is hard to estimate. First
principles calculations (de Wijs et al., 1998; Dobson
et al., 2000; Vočadlo et al., 2000) suggest that n at
the CMB is within a factor of 3 of 10�6 m2 s�1.
Suppose the viscous stress transfers momentum between
the core and mantle over a length scale dn = E1/2ro �
0.2 m, which is the thickness of the laminar Ekman bound-
ary layer. Here

E ¼ n=OL 2 (2c)

is the Ekman number (�3 � 10�15), which quantifies the
ratio of the viscous and Coriolis forces; L is
a characteristic scale of motion outside the boundary layer,
for which we take L ¼ ro. Assuming velocities of order
V � 10�4m s�1 (e.g., Jackson, 1997), the surface traction,bTV � rnV=dn, is about 10�5 N m�2, implying thatbGV � 5� 1014 Nm.

In a highly turbulent medium such as the FOC, small
scale motions transport macroscale quantities, such as
angular momentum, far more effectively than molecular
diffusion. When these scales are too small to be resolved
by numerical computations, they are termed “sub-grid
scales.” Their effect must then be included in some other
way. Appeal is often made to an analogy with molecular
diffusion. Molecular transport depends on the molecular
mean-free-path, ‘, and the rms molecular speed, u. Simple
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dynamical arguments show that the molecular diffusivity,
n, for momentum is of order u‘. The analogy pictures
small scale eddies replacing molecules as the transporters
of macroscale momentum. The correlation length, lcor, of
the turbulence replaces ‘ and the rms turbulent velocity,
u, replaces u. The transport of macroscale momentum
is then governed by a kinematic “turbulent viscosity”
nT � ulcor, which greatly exceeds n. We use u =
10�4 m s�1 for the velocity scale. The length scale is
harder to estimate. Here we take lcor � E1/3ro � 100 m,
which is based upon the characteristic length scale for
finite amplitude rapidly rotating convection (e.g.,
Stellmach and Hansen, 2004; Sprague et al., 2006). This
gives nT � 10�2 m2 s�1. Though it is strictly inconsistent
to use u and lcor when estimating the shear on the resolved
scales, an upper bound on the turbulent traction follows
from doing so: bTV � rnTu=lcor � rðulcorÞu=lcor �
10�4 Nm�2, implying bGV

z � 5� 1015 Nm.
This may overestimate bGV

z . A stable layer may exist at
the top of the FOC; see, e.g., Loper (2007), Buffett
(2010). Braginsky (1999) pointed out that the light mate-
rial released during the freezing of the SIC may preferen-
tially congregate near the ICB, and that this may answer
unresolved questions about the geomagnetic secular vari-
ation (Braginsky, 1984). Turbulent motions in a buoyantly
stable layer tend to be damped preferentially in the direc-
tion of stratification, and this reduces the macroscale
momentum transport across the layer (e.g., Gargett, 1984;
Davidson, 2004).Waves in such a layer may increase what
n alone can do in transporting macroscale momentum
(e.g., Rogers and Glatzmaier, 2006). But it is doubtful
if they can transport it as effectively as nT for fully
convective turbulence far from boundaries.

Though these and similar arguments lack rigor, the
above estimates of bGV are less than the target torque, but
not vastly so (cf. Kuang and Bloxham, 1997; Brito et al.,
2004; Deleplace and Cardin, 2006; Buffett and
Christensen, 2007).
The topographic torque
The likelihood that there are inverted mountains and val-
leys on the CMB, and that these might create topographic
torques large enough to explain the observed changes in
LOD, was first suggested by Hide (1969). These irregular-
ities are often collectively called “bumps,” and their study
was jokingly christened “geophrenology” by the late
Keith Runcorn. Hide’s idea generated much interest and
literature, e.g., Anufriev and Braginsky (1975; 1977a; b),
Jault and Le Mouël (1989), Kuang and Bloxham (1993,
1997), Buffett (1998) and Kuang and Chao (2001).
Seismic studies infer the bump height, H, is of order 1
km (e.g., Tanaka, 2010). See Earth’s Structure, Lower
Mantle.

Topographic coupling between the FOC and its bound-
aries depends on deviations from sphericity in the shapes
of the CMB and ICB. The fluid pressure, p, creates surface
tractions, bTT ¼ pn and eTT ¼ �pn, that are not purely
radial. The resulting topographic torques on the CMB
and ICB are

bGT ¼
I

bS pr� n dA;

eGT ¼ �
I

eS pr� n dA:
(3a,b)

Equal but opposite torques act on the FOC, so that
(cf. Equation 1g)

GT ¼ �bGT � eGT ¼ �
Z

V
r� =p dV: (3c)

We define the CMB and ICB by
r ¼ ro þ bhðy;fÞ; r ¼ ri þ ehðy;fÞ; (4a,b)

where (r, y, f) are spherical coordinates. Equations
3a, b can be simplified if it is assumed that
bh
���
���=ro � 1; eh

���
���=ri � 1; =bh

���
��� � 1 and =eh

���
��� � 1; see

RA12. The projection of Equations 3a, b onto the spheres
bS
 and eS
 are then

bGT ¼
I

bS

bhr� =p dA
;

eGT ¼ �
I

eS

ehr� =p dA
:

(4c,d)

The torques bGT and eGT obviously depend on variations in
p in the FOC, and we consider next the causes and magni-
tudes of these. This necessitates a considerable digression.
The first step is to develop a reference state.

Convection mixes the FOC so well that, except in thin
boundary layers at the CMB and ICB, it is chemically
and thermodynamically homogeneous. It is therefore isen-
tropic, i.e., its specific entropy, S, is uniform. The core is
an unknown mixture of all elements, but the basics can
be understood by assuming that it is a binary alloy of
Fe and a lighter element, X, whose mass fraction is X.
It is usually supposed that X is mostly Si or S, but it is
unnecessary to be specific here. Except in boundary
layers,

S ¼ Sa ¼ Constant;

X ¼ Xa ¼ Constant, in the FOC,
(5a,b)

where the suffix a stands for “adiabatic”.
Although fast enough to mix the core thoroughly, core

flows are slow compared with the speed of sound,
us (�104 m s�1). The primary dynamical balance is there-
fore hydrostatic and, allowing for centrifugal forces, it is
governed by

=pa ¼ raðga �V� ðV� rÞÞ

¼ ra ga þ
1
2
HðV� rÞ2

� �
;

(5c)
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where V = O1z is the angular velocity of the Earth and g
is the gravitational acceleration. Newtonian gravitation
theory requires that

=� g ¼ 0; = � g ¼ �4pGr; (5d,e)

where G is the constant of gravitation. It follows that

=pa ¼ rage ¼ �ra=Fe; where ge ¼ �=Fe

(5f,g)

is the effective gravitational field and Fe ¼ Fa�
1
2 ðO� rÞ2 is the “effective gravitational potential.” Equa-
tion 5d shows that pa, ra, . . . are constant on equipotential
surfaces:

pa ¼ pðFe; Sa;XaÞ;
ra ¼ rðFe; Sa;XaÞ ¼ �@pðFe; Sa;XaÞ=@Fe; . . .

(5h,i)

The effect of the centrifugal forces is quantified by e =
O
O2r/g. This is small, varying from 1.7� 10�3 at the CMB
to 1.5 � 10�3 at the ICB. The deviation of the equipoten-
tial surfaces from spheres is therefore small, as are devia-
tions caused by the gravitational field produced by density
anomalies in the mantle and SIC, quantified below. It is
therefore helpful to refer to departures from a “reference
state” that is spherically symmetric: F = Fs(r), p = ps(r),
r = ps(r), T = T s(r), etc., where T is temperature. There
are large departures from adiabaticity in boundary layers
and smaller departures throughout the FOC that are of
two main types:

(a) Deviations from Fs due to rotation and density anom-
alies in the mantle and SIC. These will be denoted by
a prime, e.g., p0a ¼ pa � ps. Rotation produces the
larger deviation but, as will be seen below, this is less
relevant to LOD variations than the anomaly created
by the mantle, which in the FOC is dominantly

F0
a ¼ A0ðr=roÞ2sin2y cos 2f; ðA0 > 0Þ (6)

Wahr and deVries (1989), Forte et al. (1994).

The value of the constant A0 is about 1,300 m2 s�2,
according to Defraigne et al. (1996) and about 2,300
m2 s�2 according to Forte et al. (1994); our compro-
mise will be A0 =1,800 m2 s�2. By Equation 5i,
p0a � �rsaF

0
a. Therefore ea = p0a psa

�
is 10�4 on the

CMB equator and 10�5 at the ICB equator.
(b) Deviations created by convection.We use the notation

r ¼ ra þ rc; (7a)

and similarly for other variables. The Earth radiates

energy into space at a rate estimated to exceed 43
TW (e.g., }4.1.5 of Schubert et al., 2001). We take
an extreme position by supposing the entire 43 TW
emerges from the core. The outward heat flux in the
FOC is the sum of the convective heat flux qc and
the adiabatic heat flux qa =�KdT s/dr,whereK is ther-
mal conductivity. Though the latter may be as much as
5 TW, we ignore it. Then qc = 0.28 W m�2 at the
CMB. We take

qc ¼ rcpTcVr; (7b)

where c (�800 J kg�1 K�1) is the specific heat at
p
constant pressure, p. The overline denotes
a horizontal average over the flow, which is undoubt-
edly highly turbulent. For Vr = 10�4 m s�1, it follows
that Tc = 3.5� 10�4 K. As bTa � 4; 000K (e.g., Kawai
and Tsuchiya, 2009), ec = Tc/Ta is less than 10�7,
which is 3–4 orders of magnitude smaller than ea.
Even this is an overestimate; it has never been
suggested that Qc is larger than 15 TW. The smallness
of eO, ea, and ec means that all these effects can be
treated as perturbations of the reference state.

As p0aðr; y; fÞ 	 pcðr; y; fÞ, it is sensible to con-
sider first the effect of p0a by introducing the “adiabatic
topographic torques” on the mantle, ICB, and FOC:

bGT
a ¼

I

bS pa r� n dA;

eGT
a ¼ �

I

eS pa r� n dA;

GT
a ¼ �

Z

V
r�=pa dV:

(8a,b,c)

If the CMB (ICB) were an equipotential or if it were spher-

ical, bGT
a

eGT
a

� �
would vanish according to Equation 8a, b,

but generally these torques are nonzero. They can be eval-
uated only if bp ðepÞ is known on the CMB (ICB). It will be
shown in the next section that bGT

a and eGT
a are intimately

related to what we shall call “adiabatic gravitational
torques.” We therefore postpone further discussion
and estimation of adiabatic topographic torques.

Consider the torque bGT
c associated with the convective

motions in the FOC:

bGT
c ¼

I

bS

bhr� =pc dA
;

bGT
c;z ¼

I

bS

bh@fpc dA
:

(9a,b)

Reasons will be given in the section on the “Magnetic

Torque” why core flow may be well described by the
magnetostrophic approximation Equation 20a, and why,
deep in the core, Coriolis and Lorentz forces are compara-
ble, implying a magnetic field strength B there of about
2 mT, or about four times greater than the typical field
strength Bo on the CMB. The Lorentz force is therefore
16 times less on the CMB than in the bulk of the core.
Also, as gf, is small, @fpc � �2Or0roVycosysiny should
be a good approximation to the f-component of Equa-
tion 20a on the CMB. Therefore (Hide et al., 1993)
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bGT
c;z ¼ �2Or0ro

I

bS

bhðy;fÞVyðro; y;fÞ cos y sin y dA
:

(9c)

In principle, bGT
c;z can be estimated by extracting bh from

seismological analysis, and by using the Vy (ro, y, f)
inferred from the core surface motion. In practice, this is
difficult and has generated controversy. Equation 9c
suggests that

bGT
c;z ¼ O 2OrVHr3o

� 	
; (9d)

which is 1018 Nm for a bump height of H = 100 m. Such
a bump height is well within the bounds set by recent seis-
mic investigations (e.g., Tanaka, 2010). Equation 9b indi-
cates, however, that Equation 9d may be a serious
overestimate because pc is a single-valued function and
@f pc is as often positive as negative in the integrand of
Equation 9b. Though � 2OrVro is a reasonable estimate
of @f pc at most points on the CMB, considerable cancel-
lation is likelywhen evaluating the integral in Equation 9b.
There is even an outside chance that the cancellation might
be complete; see Anufriev and Braginsky (1978b).

Reliable estimation of the convective topographic torque
must probably await careful experiments and allied theory.
No argument has so far convincingly demonstrated that
topography can create torques of the target magnitude of
1018 Nm but, equally, none have shown that it cannot.

The gravitational torque
The gravitational torque on a body V of density r(x) in
a gravitational field g(x) is

GG ¼
Z

V
r r� g dV: (10a)

This volume integral can be usefully transformed into
a surface integral by drawing on the analogy between the
theories governing Newtonian gravitation and electrostat-
ics, the only difference between these theories being one
of sign: like charges repel but all bodies attract gravitation-
ally. It can be shown that

rgi ¼ HjS
G
ij ; where SGij ¼ � 1

4pG
gigj � 1

2
g2dij

� �

(10b,c)

is the gravitational stress tensor, the gravitational pressure
�g2/8pG being also the gravitational energy density.
Equations 10b, c enable Equation 10a to be written as
a surface integral:

GG ¼ � 1
4pG

I
S
r� ðn � gÞg� 1

2
g2n


 �
dA; (10d)

where n points out of V. See RA12 and Appendix B of
Braginsky and Roberts (1995) for derivations of these
results. When they are applied below, n on the CMB and
SICwill, as previously defined, be oriented approximately
parallel to r.

By Equation 10a, the gravitational torque on the FOC
due to the mantle and SIC is

GG ¼
Z

V
ðra þ rcÞr� ðga þ gcÞdV ¼GG

a þ GG
c ;

(11a)

where GG
a and GG

c are the adiabatic and convective parts
of GG:

GG
a ¼

Z

V
rar� ga dV;

GG
c ¼

Z

V
r� ðrcga þ ragc þ rcgcÞdV:

(11b,c)

It was pointed out earlier that rc ¼ Oð10�4r0aÞ;
gc ¼ Oð10�4g0aÞ, etc. Apparently therefore GG

c ¼
Oð10�4GG

a Þ, making it sensible to focus first on the adia-
batic torque.

Consistent with hydrostatic balance in the FOC (see
Equation 5f), Equations 8c and 11b, give

GGþT
a ¼ GG

a þ GT
a ¼

Z

V
r� ðraga � =paÞdV ¼ 0:

(12a)

By Equations 8a, b and 10d and the continuity of g and p,
we also have

bGGþT

a ¼
I

bS r� panþ ð4pGÞ�1 ðn � gaÞga �
1
2
g2an


 �� 
dA;

(12b)
I

1

 �� 
eGGþT
a ¼ � eS r� panþ ð4pGÞ�1 ðn � gaÞga � 2

g2an dA;

(12c)

from which, in agreement with Equation 12a,

bGGþT
a þ eGGþT

a ¼ 0: (12d)

If the torques bGGþT and eGGþT are nonzero, bV and eV
a a
evolve. The consequent change in the relative orientation
of the mantle and SIC modifies ga and pa in Equation 12b,
c so that the system evolves toward a configuration of
minimum energy E. In this configuration

bGGþT
a ¼ 0; eGGþT

a ¼ 0: (13a,b)

If this minimum energy, torque-free state is perturbed, the
restoring GT-torques (as we shall call them) set up
a “gravitational oscillation” of the SIC relative to the
mantle.

To give a simple example, suppose that the gravita-
tional anomaly defined by Equation 6 is created by
sources entirely within the mantle, the CMB having no
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bumps, so that bGGþT
a;z ¼ bGG

a;z: Similarly, suppose the SIC is
spherical but has internal sources that above the ICB pro-
duce the gravitational anomaly

F00
a ¼A00ðri=rÞ3sin2ycos2ðf�jÞ; ðA00 > 0Þ; (14a)

where j is the angular displacement of the system from
the stable state, j = 0, in which Equations 13a, b hold.
Equations 12b, c show that

bGG
a;z ¼ �eGG

a;z ¼ GG
0 sin 2j; where

GG
0 ¼ 8A0A00r3i =3Gr

2
oð> 0Þ:

(14b,c)

These torques vanish for the stable minimum energy states
j = 0, p (and also for the unstablej ¼ �1

2p). Small depar-
tures from a stable state satisfy

bCd2t bj ¼ 2GG
0 ðej� bjÞ; eCd2t ej ¼ 2GG

0 ðej� bjÞ;
(14d,e)

where bC (= 7.12 � 1037 kg m2) and eC ¼ 5:86ð
�1034 kgm2Þ are the polar moments of inertia of mantle
and SIC, respectively. The frequency, oG, of the oscilla-
tion is

oG ¼ ½2ðbC þ eCÞGG
0 =

bCeC�1=2 � ½2GG
0 =

eC�1=2: (14f )

Although an anomaly of the form of Equation 14a could

be produced by density variations within the SIC, it is more
plausibly created by SIC topography for the following rea-
sons. It is generally believed that the SIC is the result of
freezing of the FOC, an ongoing process even today
(Jacobs, 1953). An alloy generally changes its composition
when it changes phase. The rather large density jump at the
ICB, eD ¼ erðriÞ � rðriÞ � 600 kgm�3, is hard to attribute
to contraction on freezing but can be readily explained as
a small reduction in X on freezing. Phase equilibrium at
the ICB implies Ts

aðFa; Sa;XaÞ ¼ Tmðpa;XaÞ, where Tm is
the melting temperature. This implies that the ICB is an
equipotential surface. Since F ¼ Fs

aðrÞ þ F0
aðr;y;fÞ

where F0
a=F

s
a

�� �� � 1, Taylor expansion, using Equation 4b,
shows thatFs

aðriÞ þ egehðy;fÞ þ F0
aðri; y;fÞ is approximately

constant, where eg ¼ �gsa;rðriÞ ¼ @rFs
aðriÞ > 0ð Þ is gravity

at the ICB. It follows that

eh ¼ �F0
aðri; y;fÞ=eg ¼ ee sin2y cos2f;

ee ¼ �A0ðri=roÞ2=eg:
(14g,h)

This shows how the gravitational anomaly in the mantle

imposes its n = m = 2 preference on the SIC. It makes the
otherwise ad hoc assumption of Equation 14a seem per-
fectly reasonable. The condition that eh creates Equa-
tion 14a, for j = 0 and r � ri 	 eh is

A00=A0 ¼ 4pGr3i eD=5r2oeg � 0:0034: (14i)

The maximum bump height on the ICB is eej j � 50m.

Nonzero j corresponds to a rotated SIC. Such a rotation
is to be expected; core turbulence continually subjects
the SIC to (topographic) torques that continuously change
its orientation. Two relaxation processes act to restore the
ICB to its equipotential: (i) flow within the SIC, (ii) new
freezing/melting on the ICB. If either were instantaneous,
there would be no torque between the mantle and SIC, but
both appear to act on much longer time scales than core
turbulence, so that SIC topography is almost “frozen” to
the SIC as it turns.

Concerning (i), the viscosity of the SIC is plausibly
much less than the viscosity of the mantle. According to
Schubert et al. (2001) bn � 5� 1019m2 s�1 in the deep
mantle but, according to Mound and Buffett (2006),
en≳ 1013m2 s�1. Whereas mantle anomalies are essentially
“frozen in,” slow motions within the SIC created by
stresses exerted by the FOC on the ICB can gradually
restore equilibrium (Yoshida et al., 1996; Buffett, 1997).
Concerning (ii), the thermodynamic disequilibrium cre-
ated by the misalignment of the ICB from its equipotential
surface is slowly removed by new freezing of the FOC or
new melting of the SIC. This processes has not been fully
explored (but see Fearn et al., 1981; Morse, 1986). The
possible significance of melting/freezing processes on
SIC structure has been recently investigated by
Alboussière et al. (2010) and Monnereau et al. (2010).

Interest in gravitational torques and oscillations was
sparked by Buffett (1996). We follow him but by
a different method, making use of Equations 14c, i:

GG
0 ¼ 32pr6i eDA02=15r4oeg � 6:7� 1019 Nm (15a)

By Equation 14f, the frequency of the oscillation is
oG � 4.8 � 10–8 s–1, with a period of

tG ¼ 2p=oG � 4:1 years: (15b)

According to Buffett et al. (2009), gravitational oscilla-
tions are mainly responsible for the LOD variations
shown in Figure 1. Mound and Buffett (2006) obtain
GG
0 � 1:5� 1020 Nm.
Equations 14d, e imply, for some t0,

bO ¼ bO0 þ dtbf
¼ bO0 þ ð2GG

0 =
bCoGÞðef� bfÞmax sino

Gðt � t0Þ:
(15c)

The amplitude of the gravitational oscillation is therefore
related to that of the variation, DP, in LOD by

ef� bf
� �

max
¼ pbCoGDP=GG

0 P
2
0 � 1:2�; (15d)

for DP = 1 ms. This gives a maximum angular velocity

difference of oG ef� bf
� �

max
� 2� year�1. Furthermore

the peak-to-peak variation in the radial gravitational accel-
eration at the Earth’s surface, r = rE, is
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Dg00r ðrEÞ ¼
12A00

ri

ri
rE

� �4

ðbf� efÞ2max ’ 4 nGal: (15e)

This value is too small by roughly a factor of 5 to be
detectable by the GRACE satellite system (e.g., Wahr
et al., 2006).

One limitation of this analysis is the neglect of electro-
magnetic stresses at the boundaries when they are inmotion
relative to the core fluid. It has been implicitly assumed that
the SIC is completely decoupled from the fluid within the
tangent cylinder (TC), the imaginary cylinder that touches
the ICB at its equator. This is particularly significant
because the fluid dynamics inside and outside the TC are
quite dissimilar. See Hide and James (1983), Heimpel and
Aurnou (2007), and the next section. Because the SIC is
as good an electrical conductor as the FOC (or better), it
may be tightly coupled magnetically to CN and CS , as
suggested by Braginsky (1970); see the next section. To
examine the effect of this coupling, we make the extreme
assumption that all the fluid in the TC is completely locked
to the SIC. Because the mantle is a poor electrical conduc-
tor, this fluid is not well coupled to the mantle, so that the
entire fluid column within the TC can co-rotate about Oz
almost freely with the SIC. This suggests that, instead of
Equations 1g, h, a more useful division of the total angular
momentum of the Earth might be based on

bGþ GTC þ GXTC ¼ 0;

bMþMTC þMXTC ¼ constant;
(16a,b)

where TC refers to the TC and SIC locked together, and
XTC refers to the part of the FOC exterior to the TC.
The moment of inertia of the fluid within the TC is
2.12 � 1035 kg m2 which, when added to eC, gives CTC =
2.71�1035 kgm2. Using this instead of eC in Equation 14f,
tG is lengthened from 4.1 years to

tGTC ¼ 2p=oG
TC � 8:9 years;

where oG
TC ¼ ½2ðbC þ CTCÞGG

0 =
bCCTC�1=2:

(16c,d)

See also Mound and Buffett (2006).
Even though rc /ra, pc /pa, etc., are of order 10–4, this

does not mean that GGþT
c =GGþT

a is as small as that. In fact,
Equation 13a shows that GGþT

a ¼ 0 in the minimum
energy state. The adiabatic GT-torques dominate the con-
vective torques only if j is sufficiently large. Stated
another way, a convective torque can be nullified by
a small departure from the minimum energy state. Earlier,
the torque on the SIC created by core turbulence was held
responsible for causingj to deviate from zero. This torque
is essentially (magneto-)convective, and is nullified by the
GT-torque for a tiny change in j. Another way of estimat-
ing how tiny this j is equates the magnitudes of the
GT-torque, taken as 1.3� 1020 j Nm (see Equations 14b,
c and 15d), and the convective torque, taken to have its tar-
get value of 1018 Nm. This gives j � 0.5�. Within this
angle, the mantle and SIC are gravitationally locked
together, over short time scales compared with those of
the relaxation processes in the SIC described above. See
Buffett and Glatzmaier (2000).
The magnetic torque
This section assumes that readers are familiar with pre-
Maxwell EM theory and the fundamentals of MHD,
including the frozen flux theorem and Alfvén waves.
Davidson (2001) contains the necessary background.

It may be useful to remind readers that the magnetic
torque about O on a body V carrying a current of density
J is the integrated moment of the Lorentz force, J � B:

GM ¼
Z

V
r� ðJ� BÞ dV ¼

Z

V
r½BrJ� JrB� dV:

(17a)

The Lorentz force can be expressed as a divergence:

ðJ� BÞi ¼ HjS
M
ij ;

where SMij ¼ m�1
0 BiBj � 1

2
B2dij

� �
(17b,c)

is the magnetic stress tensor. An alternative form of
Equation 17a is therefore

GM ¼ m�1
0

I

S
r� ðn � BÞB� 1

2
B2n


 �
dA; (17d)

where the unit normal n to S points out of V. Therefore

bGM
z ¼ �m�1

0

I

bS s
bBrbBf dA; eGM

z ¼ m�1
0

I

bS s
eBreBf dA:

(17e,f )

These results can be used as they stand to assess the

magnetic coupling between the inferred core surface flow
and the mantle. See Stix and Roberts (1984), Love and
Bloxham (1994), Holme (1998). Here, however, we are
more interested in forging a link between the observed
changes in LOD and torsional waves. To explain what
the latter are, it is necessary to consider some dynamical
issues.

Most studies of core MHD are based on the Boussinesq
approximation; see, e.g., Braginsky and Roberts (2007).
This assumes constant density, r0ð� 104kgm�3Þ, and
expresses conservation of mass and momentum as

= � V ¼ 0; @tVþ V � =Vþ 2O� V

¼ �=ðpc=r0Þ þ Cge þ J� B=r0 þ nT=
2V:

(18a,b)

The accelerations in Equation 18b are from inertia (@tV
and V∙∇V), rotation (2V � V), pressure (pc), buoyancy
(Cge), magnetic field (J � B/r0), and viscosity ðnTH2VÞ.
Thermal and compositional buoyancy, combined in the
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codensity C (Braginsky and Roberts, 1995), maintains the
flow and the magnetic field; see Core Dynamo.

The Coriolis force is generally more significant than the
inertial and viscous forces. This is indicated by the small-
ness of the Ekman and Rossby numbers:

Ro ¼ V=OL: (19)

See Equation 2c for the definition of E. From V = 10–4

m s–1, L = ro and nT ¼ 10�2 m2 s�1 follow Ro � 10–6

and E � 10–11. This suggests that the inertial and viscous
terms can be safely omitted from Equation 18b, except
on small length scales.

If the inertial and viscous forces are ejected from Equa-
tion 18b, it becomes

2r0V� VN ¼ �=pc þ r0Cge þ J� B; (20a)

where N stands for “non-geostrophic,” and “geostrophic”
is defined below. Equations 18a and 20a define the
“magnetostrophic approximation,” often used to describe
the quasi-steady macroscales of core MHD. As the vis-
cous term has been ejected, the only boundary condition
that VN must obey is

n � VN ¼ 0; on the CMB and ICB: (20b)

The full boundary conditions of continuous B and

n � E still apply. Because @tV has been ejected from
Equation 20a, there are no Alfvén waves. Instead, the
system evolves on the much longer ageostrophic time
scale,

tN ¼ 2OL2=V 2
A ¼ t�=L;

where t� ¼ L2=� � 105 years
(20c,d)

is the free decay time for magnetic fields of scale L, andL
is the “Elsasser number”:

L ¼ V 2
A=2O�; where VA ¼ B=p m0r0ð Þ (20e,f )

is the Alfvén velocity. Elsasser (1946) suggested that B is
determined by a balance of Lorentz and Coriolis forces.
Taking J � sVB, this implies L = 1, B � 2mT, and VA
� 2 cm s–1. It also gives tN� t�� 2� 105 years forL ¼ ro.

In cylindrical coordinates (s, f, z), the f-component of
Equation 20a is

2Or0V
N
s ¼ �@fpc þ ðJ� BÞf: (21a)

Integrate this over the surface, CðsÞ, of the circular cylin-
der of radius s (> ri) coaxial with Oz. The left-hand-
side vanishes by mass conservation, as can be verified
by integrating Equation 18a over the interior, IðsÞ, of
CðsÞ and applying Equation 20b to bNðsÞ and bSðsÞ, the
spherical caps of CðsÞ on the CMB that complete the
boundary of IðsÞ. It follows that

Z

CðsÞ
ðJ� BÞf dA ¼ 0: (21b)
If s < ri, there are two cylinders, CN ðsÞ and CSðsÞ, of
radius s to the north and south of the SIC for which

Z

CN ðsÞ
ðJ� BÞf dA ¼ 0;

Z

CSðsÞ
ðJ� BÞf dA ¼ 0:

(21c,d)

Equations 20b–d are examples of “Taylor’s constraint”
(Taylor, 1963). The cylinders CðsÞ are termed “Taylor
cylinders.” Of these, CðriÞ is the tangent cylinder (TC).

It is obviously possible to assign a J which creates a B
that contradicts Equations 21b–d, at least initially. This
shows that Equation 20a is an oversimplification. That
approximation rested on discarding the inertial force in
comparison with the Coriolis force. Consider however
the class of “geostrophic flows”:

v ¼ uðs; tÞ 1f: (22a)

The corresponding Coriolis acceleration is

2r0V� v ¼ �=X ; where X ¼ 2Or0

Z
uðs; tÞ ds
(22b,c)

can be absorbed into pc. Coriolis forces are therefore
totally ineffective when they act on geostrophic flows.
Other forces previously abandoned in comparison with
Coriolis forces become influential, especially the inertial
forces, which must be restored when analyzing the geo-
strophic part of core flow. This recovers the Alfvén wave,
or something very like it, called the “torsional wave.”
They share a common time scale:

tA ¼ ro=VA � 6 years: (22d)

That this is also the time scale tLOD of the semi-decadal var-
iations of in Figures 1a, b may not be a coincidence, as
argued by Gillet et al. (2010).

The geostrophic part v of V can be extracted from V by
taking the “geostrophic average,” hVfi, of Vf: for s > ri,
this average is defined by

u ¼ hVfi  1
bAðsÞ

Z

CðsÞ
Vf dA; so that

VN ¼ V� u1f;
(22e)

where bAðsÞ ¼ 4psz1 is the area of CðsÞ, and
z1ðsÞ ¼ p

r2o � s2
� 	

is the semi-length of its sides. The
axial angular momentum of the FOC is carried by u.
Therefore, insofar as the rotation of the SIC is locked to
that of the fluid in the TC, the angular momentum,
Mz þ eMz, of the entire core can be derived from the zonal
part of the inferred core surface flow. The LOD record pro-
vides eMz. Therefore Equation 1h can be tested:bMz ¼ �ðMz þ eMzÞ, Results have been gratifying; see
Jault et al. (1988), Jackson (1997) and Figure 1c above.
The previous section indicates however that the mantle
and SIC are not locked together but take part in
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a gravitational oscillation having a period (4–9 years) sim-
ilar to the torsional wave period tA � 6 years. The implied
convolvement of gravitational and magnetic coupling
complicates the task of extracting information about
either; see Buffett et al. (2009).

In a torsional wave, the geostrophic cylinders are in rel-
ative angular motion about their common (polar) axis; see
Figure 2a. The response b of B to the motion v can, as for
an Alfvén wave, be visualized using the frozen flux theo-
rem, the field lines behaving like elastic strings threading
the cylinders together and opposing their relative motion;
see Figure 2b. The resulting torque on a cylinder supplies
the restoring force for a wave, the mass of the cylinders
providing the inertia. Whenever J and B contradict
Equations 21b–d, a torsional wave is launched that travels
in the � s-indirections.

The canonical torsional wave equation is

@2z
@t2

¼ 1

s2bAðsÞ
@

@s
s2bAðsÞV 2

AðsÞ
@z
@s


 �
; (23)

where z(s, t) = u/s is the angular velocity of CðsÞ and
VAðsÞ ¼ BsðsÞ=ðm0r0Þ1=2 is the Alfvén velocity based on

the mean BN
s

� 	2
over CðsÞ : B2

s ðsÞ ¼ BN
s

� 	2D E
.

Equation 23 is called canonical because it displays the
essential nature of torsional waves clearly. It is however
not only incomplete but also ignores magnetic coupling
to the mantle and SIC. Equation 23 presupposes that the
field, BN, on which the waves ride is axisymmetric. In this
case, Equation 23 has a severe singularity at s = 0 which
excludes physically acceptable solutions. This difficulty
can be evaded by supposing that the TC rotates as
a solid body, as suggested by Braginsky (1970), and by
applying Equation 23 only in XTC. For general, non-
axisymmetric BN, the regular singularity at s = 0 is harm-
less, but unfortunately Equation 23 is then incomplete.
The terms missing from Equation 23 represent the trans-
mission of torque from one Taylor cylinder to another by
the potential field outside the core. As the terms are
CMB

u

a b

Core-Mantle Coupling, Figure 2 Schematics showing (a) geostroph
magnetic field (dashed line) distorted by v. The restoring Lorentz to
cylindrical propagation of torsional waves (Adapted from Dumberr
troublesome if retained, they are usually abandoned, with
an unsubstantiated claim that they are too small to be
worth keeping. Whether they are retained or abandoned,
the wave equation admits normal mode solutions, i.e.,
solutions in which z is proportional to exp(–iot), where
every o is real, as shown in RA12. When magnetic cou-
pling to the mantle is included, o acquires a negative
imaginary part, representing the ohmic losses in the man-
tle. The inclusion of magnetic coupling is highly relevant
to our focus here, but it clearly adds another layer of
complexity.

In view of these theoretical obstacles, the reader may
wonder whether computer simulation would not provide
a simpler approach. It is however difficult to extract evi-
dence of torsional waves from geodynamo simulations.
This is because it is not yet possible to attain geophysically
realistic magnetic Prandtl numbers, Pm, in numerical inte-
grations. The importance of viscous damping of torsional
waves can be assessed by the ratio of the torsional wave
time scale, tA = ro/VA, to the spin-up time scale,
tSU ¼ p

r2o=2On
� 	

, which is their viscous decay time;
see Roberts and Soward (1972). This ratio,

tA=tSU ¼ ð2OnÞ1=2=VA ¼ pðPm=LÞ; (24)

is small for the Earth (�10–3) but inconveniently large in
simulations (≳ 0:1). See Wicht and Christensen (2010)
for recent simulations of torsional waves.

Space limitations do not permit the mathematical the-
ory of torsional waves to be presented here; see Braginsky
(1970), Roberts and Soward (1972), Jault (2003),
Dumberry (2007) and RA12. The principal aim in what
follows is to outline the underlying physics, that has been
employed in theoretical studies, and that will have to be
incorporated in numerical models in the future, when
computer technology has advanced far enough to permit
core MHD to be modeled more faithfully. Our discussion
here sidesteps interesting and as yet incompletely
answered questions, the first of which is whether torsional
waves are involved in any essential way with the semi-
CMB

ICB

u

BS

ic flows in the core, Vg, and (b) plan view of an initially cylindrical
rques on the distorted magnetic field, Bs (solid line), lead to the
y, 2007).
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decadal LOD periodicity; might not the gravitational
oscillation described in the last section be mainly respon-
sible? The answer is unclear but core field strengths of
2 mT suggest that torsional waves very effectively link
together geostrophic motions throughout the core, and that
torsional waves therefore necessarily accompany gravita-
tional oscillations. This obviously does not imply that tor-
sional waves couple well to the mantle; if the mantle were
an electrical insulator, there would be no magnetic cou-
pling of core and mantle at all. The waves would then be
detectable only through the inferred core surface motion.
Strong magnetic coupling of the waves to the mantle
raises difficult questions about both the excitation and dis-
sipation of the waves. As shown below, the waves are
mainly and heavily damped by ohmic dissipation in the
mantle. What maintains the waves against this energy
loss? No definitive answer has been given to this very sig-
nificant question. Core turbulence may be directly respon-
sible, or indirectly through the Reynolds magneto-stresses
it exerts on the SIC or on the TC. Buffett et al. (2009) find
evidence for wave generation at the TC. Core turbulence
would presumably excite many damped normal modes.
This might help to explain some of the recently discovered
short time scales of core surface motions (Olsen and
Mandea, 2008; Finlay et al., 2010). It has not been
established unequivocally that the 6 year period is the
fundamental mode. Though often questioned, evidence
of a 60 periodicity exists, This longer period signal
might be representative of the fundamental mode but
would require current estimates of BsðsÞ to be revised
downward.

These matters are beyond the scope of this review.
We shall merely sketch, mostly in a qualitative way,
the approximate theory that is currently the most
complete. We also aim to expose its strengths and
weaknesses.

Underlying the entire theory is the idea that core flow
can be neatly separated into geostrophic motions of short
time scale, tA, and non-geostrophic motions of long time
scale tNobeying Equation 20a. In other words, the theory
focusses on the large length scales of core flow, in the
belief that this includes the fundamental torsional
wave mode of greatest interest. The torsional wave
therefore rides on a flow satisfying Taylor’s constraints
Equations 21a–c. Because the Lehnert number,
l ¼ tA=tN ¼ VA=2Oro ¼ oA=2O � 3� 10�5, is small,
the time dependence of BN can be ignored in torsional
wave theory.

It was pointed out earlier that torsional waves are geo-
strophic motions in which the inertial force is crucial.
The first step in deriving the torsional wave equation is
therefore to restore the time-dependent inertial force to
Equation 21a, obtaining

r0s@tVf þ 2Or0sVs ¼ �@fpc þ sðJ� BÞf; (25a)

from which @tz is extracted, by taking the geostrophic
average; see Equation 22e.
The evaluation of J� Bh if is simplified because
E is small and the Lundquist number,
Lu ¼ t�=tA ¼ VAro=� � 3� 104, of the waves is large.
In a first approximation, E = Lu�1 = 0. Then viscous
and ohmic diffusion and the associated boundary condi-
tions are discarded. In particular, the electric field created
in the FOC by the waves simplifies to

e ¼ �v� BN � VN � b� v� b; (25b)

where b is the magnetic field of the waves. The term�VN

� BN does not appear because it already acts on the Taylor
state. The last term in Equation 25b is also ignored
because the wave amplitude is assumed to be small. The
ratio of �VN � b to �v � BN is of order
AN b=u

p
m0r0ð Þ½ ��1, where A=V/VA is the Alfvén number,

which for the non-geostrophic flow is about 0.1 (see
above). As in an Alfvén wave, u ¼ O b=

p
m0r0ð Þ½ �, so that

|VN � b| � 0.1|v � BN|. This, combined with the fact that
the inclusion of �VN � b in e adds severe complications,
encourages the neglect of �VN � b in Equation 25b,
leaving

e ¼ �v � BN: (25c)

The mantle and core are linked across a boundary layer

of Ekman-Hartmann type; e.g., see Dormy et al. (2007).
Because Pm � 1, this has a double structure. Viscosity
acts only in an Ekman layer of thickness dv = √(v/2O) �
0.1 m; magnetic diffusion acts in a layer whose
thickness is comparable with the EM skin depth,

d� ¼ 1
2 oj jm0s
� 	�1=2 � 10 km. We therefore call this a

“magnetic diffusion layer” (MDL), even though Coriolis
and Lorentz forces affect its structure too. In the MDL,
Equation 25c is replaced by

e ¼ �v� BN � �=� b � �v� BN � �1r � @rb:

(26)

As d /d 	 1, the Ekman layer is only a tiny part of the
� v
MDL. Ekman-Hartmann theory simplifies by discarding
the Ekman part, setting n = 0 and abandoning the no-slip
boundary conditions. The structure of the MDL still
depends on rotation, and on the Elsasser number, L,
defined in Equation 20e.

The boundary layers play a vital role in linking z in the
main bulk of the FOC to bb on the CMB and eb on the ICB.
They are therefore essential in determining bGM and eGM . At
the CMB, B � 0.5 mTandL� 0.07. The prevailing mag-
netic field, BN, therefore has very little effect on the
boundary layer, which is controlled almost entirely by
Coriolis forces and magnetic diffusion. At the ICB, where
B may be even an order of magnitude greater than at
the CMB, L > 1, and Lorentz forces are too significant
to ignore in the boundary layer. Further details are given
in RA12.

The torque exerted by the waves on the mantle is pro-
portional to the electrical conductivity, bsðv; y; fÞ, of the
mantle, which we assume is nonzero only in the layer
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ro < r< r1 = ro + d at the base of the mantle. The conduc-
tance of this layer is

bSðy;fÞ ¼
Z r1

ro

bs ðr; y;fÞ dr: (27a)

It is commonly assumed that 107S < bS < 109S; we takebS ¼ 108S below.
Electric currents, bj, flow in the mantle, bV, either by

leaking from the core or by electromagnetic induction,
through the time dependence of the EM field on the
CMB. We shall be interested in the penetration of the
fields b and e of the waves, at frequencies o of order
5 � 10�8 s�1. The resulting magnetic and electric fields,bb andbe, in the mantle depend ono and on L, the horizontal
length scale imposed by b and e on the CMB. Associated
with o is the skin depth of the mantle:

bd� ¼ 1
2
oj jm0bso

� ��1=2

: (27b)

Starting with Glatzmaier and Roberts (1995), theoreti-

cians have usually simplified EM theory in the mantle
by adopting the “thin-layer approximation” (TLA). This
originated from the modeling of laboratory MHD experi-
ments (see, e.g., Müller and Bühler, 2001). It is easily
applied and therefore popular, although the conditions
for its validity are seldom mentioned or questioned. The
TLA demands that d � bd� ð� LÞ. The horizontal
part, beH, of the electric field be is then independent of r,
so that

bjH ¼ bsbeH; and bJ ¼ bSbeH; (27c,d)

where bJ is the total horizontal current carried by the layer.
It may be helpful to visualize the TLA as

a mathematical limit, d ! 0; bs ! ? with bS held
fixed. Then bJ is a surface current responsible for
a discontinuity in the magnetic field. If �bð¼ �=�wÞ is the
potential field above the conducting layer,

�b ro;y;f
� 	� bb ro; y;fð Þ ¼ m0 bJ y;fð Þ � 1r

¼ m0bS y;fð ÞbeH ro; y;fð Þ � 1r:
(27e)

The potential field does not affect the torque, GM, on

the mantle, although it does contribute to the torque that
each Taylor cylinder exerts on the others.

We contrast two proposed conductivity distributions.
Buffett et al. (2002) inferred from their studies of nuta-
tional resonances that d is only 200 m and that
bs ¼ 3� 105 S m�1, which is comparable to the core con-
ductivity s, and gives bd� ¼ 10 km. The TLA should there-
fore be excellent in most applications. In contrast, the
laboratory experiments of Ohta et al. (2008) suggest
bs ¼ 100 Sm�1 and d = 3 � 105 m; see also Yoshino
(2010). This gives bd� ¼ 2� 106 m, so it is doubtful if
the TLA can be validly applied. The similar conductances
of the models ðbS ¼ 3=6� 107 SÞ are insufficient to jus-
tify the use of the TLA.

This completes our critique of the basics of torsional
wave coupling to the mantle. Some of its consequences
are unexpected; but most are not. Even dimensional rea-
soning leads to

bGM
z ¼ bGM

0 ð�z� bzÞ;
where bGM

0 ¼ O r4obSB2
o

� �
� 4� 1027 Nms;

(28a,b)

for B ¼ 0:5mT . Here B2
o is an average of BN

r

� 	2
over the

CMB, and z is defined by:

zðtÞ ¼ 1

s2bAðsÞ
Z ro

0
s2bAðsÞzðs; tÞds (28c)

Perhaps unexpectedly, the boundary layer on the

CMB described above reduces bGM

0 by a factor of
S=ðSþ bSÞ, where S is the conductance of the boundary
layer, defined by

S ¼ 1
2

1þ iBð Þsd� ¼ 1þ iBð Þ s=2m0jojð Þ1=2; (28d)

and B = sgn(o). This gives |S|� 3� 109 S, which is com-
parable with bS. Ignoring this factor, the magnetic interac-
tion of mantle and FOC is governed by

bCdtbz ¼ bGM
0 ðz� bzÞ; Cdtz ¼ �bGM

0 z� bz
� �

;

(28e,f )

where C = 9.08� 1036 kg m2 is the polar moment of iner-
tia of the solidly rotating FOC. These equations provide an
estimate of the e-folding time,bt�, taken by mantle conduc-
tion to kill z and bz : bt� ¼ CbC=ðC þ bCÞbGM

0 � 64 years.
This is greater than the time taken by the waves to cross
the core, which is tA ¼ ro=VA � 5:6 years, for B ¼ 2mT.

If we take dbz � 3� 10�12s�1, as indicated by the LOD
data of the first section above, Equations 28e, f suggest
that z� bz � ðbC þ CÞbz=C is about 2 � 10�11 s�1, so that
roðz� bzÞ � 7� 10�5 m s�1, which is less than, but com-
parable with, the inferred core surface flow. It also gives
bGM
z � 8� 1016 Nm. This increases to the target torque if

we take bS ¼ 1:2� 109 S, but that reduces bt� to 5.3 years,
which is less than tA.

This highlights a difficulty that might be called the
“magnetic coupling paradox,” and quantified by
a quality factor:

P ¼ bt�=tA ¼ B=Boð Þ2 m0bSVA

� ��1
: (29)

There is a window for bS, that may be narrow or nonex-

istent, in which bGM

z is large enough to explain variations in
LOD by torsional waves, but simultaneously is small
enough to ensure thatP > 1 so that the waves are not over
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damped by mantle conduction. According to the admit-
tedly imprecise, order of magnitude estimates made here,
the window is nonexistent. For the target torque to be
reached or exceeded, bG≳ 1:2� 109 S, butP > 1 requiresbG ≲ 1:1� 109 S. See also Dumberry and Mound (2008).

So far the existence of the SIC has been ignored, almost
totally. We have however recognized that, for s < ri, two
Taylor cylinders exist, CN ðsÞ and CSðsÞ, in which zN(s)
and zS(s) may be expected to differ. For simplicity,
we assume here that they are equal. To evaluate eGz, it is nec-
essary to link b to eb across a boundary layer strongly
influenced by L. An analysis of the boundary layer leads
to (see RA12)

ebf ¼ m0esed�sBN
r ðz� ezÞ on r ¼ ri; (30a)

where ez is the angular velocity of the SIC, and
ed� ¼ 1

2 oj jm0esi
� 	�1=2 � d� � 10 km. This leads to an

expression for eGM
z , in which the main part that couples to

the TC is

eGM
z ¼ eGM

0 ðz�bzÞ; where eGM
0 ¼ O r4i esed�B2

i

� �
;

(30b,c)

cf. Equations 28a, b. For Bi = 5 mT, eGM
0 � 2� 1029 Nms.

This large torque acts on the SIC whose moment of inertia
is less than 10�3bC. The coupling time,et�, is therefore very
much less than bt�. Equations analogous to Equation 28a,
b give (for es ¼ s)

et� � eC=jeGM
0 j � 4 days: (30d)

This is the time taken for a mismatch between z andez to be
wiped out by magnetic torques. Clearly the coupling
between TC and SIC is substantial at frequencies of order
oA. This supports the opinion, advanced several times in
this review, that on semi-decadal time scales, the TC is
effectively locked to the SIC in its rotation about Oz.

Synthesis
In this review we have analyzed the various ways in which
Earth’s core is coupled to the mantle and have presented
estimates of the amplitudes of these couplings in order to
show which may plausibly explain the available LOD
data. In our first section, we provide observational evi-
dence for core-mantle coupling. We show that Earth’s
rotation rate has a roughly semi-decadal time variability,
such that the LOD fluctuates at the ms level. To explain
these LOD fluctuations, an internal coupling must exist
between the mantle and the core that provides torques of
order 1018 Nm, which we named “the target torque.”

In the later text, we develop estimates of the strength of
the viscous, topographic, gravitational, and electromag-
netic torques. Only the viscous torque, GV

z , appears to be
too weak to explain the LOD signal. This is true even
when we allow for the enhanced coupling that turbulence
can provide.
The topographic torque on the mantle, bGT
z , is created by

core flow interacting with bumps on the CMB. In analyz-
ing bGT

z , it became clear that exchange of angular momen-
tum with the SIC is significant. Order of magnitude
arguments showed that potentially the largest part of bGT

z

is bGT
a;z, which is produced by the gravitational field of den-

sity anomalies in the mantle and possibly SIC, including
bumps on their surfaces. This part of bGT

z is therefore
intimately related to the gravitational torque bGG

z . When
the two are treated together as bGGþT

a;z , there is an equal

but opposite torque, eGGþT
a;z on the SIC. Gravitational oscil-

lations (Buffett, 1996) occur when the system is perturbed
from a state of minimum gravitational energy in which
bGGþT

a;z ¼ eGGþT
a;z ¼ 0. An oscillation period of tG = 4.1

years was derived. If, as seems likely, strong magnetic
coupling exists between the tangent cylinder (TC) and
the SIC, the gravitational oscillation period increases to
tGTC = 8.9 years.

The remaining part of bGT
z is bGT

c;z, and is produced by
core convection. Its importance is uncertain. From what
is known today,GT

c;z may be 0 Nm ormay exceed the target
torque (cf. Kuang and Bloxham, 1997; Hide, 1998; Jault
and Le Mouël, 1999; Kuang and Chao, 2001).

A simple model of torsional waves traversing FOC can
explain oscillations of period, t � 6 years, but there is
a paradox: The target torque cannot be attained by mag-
netic coupling between the waves and the mantle unless
a dimensionless “paradox parameter,” II, defined in Equa-
tion 29, is large enough. If this parameter is too large, how-
ever, the waves are damped out before they can cross the
core. Whether the core can evade the paradox seems
uncertain.

The topographic, gravitational and magnetic torques all
have significant uncertainties in their amplitudes, but the
target torque falls within these uncertainties, i.e., conceiv-
able any of them could explain the semi-decadal LOD sig-
nals. The coupling processes may be convolved. The
recent model of Buffett et al. (2009) allows for this, but
argues that the gravitational torque dominates. In contrast,
Gillet et al. (2010) infer that torsional oscillations in the
FOC can explain the LOD observations without strong
gravitational coupling. Improvements in data and model-
ing of Earth’s rotation (e.g., Gross, 2009), the geomag-
netic field (e.g., Hulot et al., 2002; Jackson, 2003), core
seismology (e.g., Dai and Song, 2008), and the time-
variations in the gravity field (e.g., Velicogna and Wahr,
2006; Dumberry, 2010) will all prove important in testing
these core-mantle coupling arguments.

This review has focussed on explaining variations in
LOD owing to internal coupling between the mantle and
core. This coupling produces changes primarily in the
axial angular rotation rate, Oz, on semi-decadal time
scales. Detailed measurements now exist of variations in
Earth’s full rotation vector on many time scales (e.g.,
Gross, 2007), with the different directional components
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providing information on different geophysical phenom-
ena (e.g., Mathews et al., 2002). Furthermore, rotation
vector and magnetic field measurements now exist for
other planets (e.g., Margot et al., 2007; Uno et al., 2009),
and will improve in quality in the coming decades. Such
measurements will allow the development of models of
deep interior structure and dynamics in planetary bodies
throughout the solar system (e.g., Tyler, 2008; Noir
et al., 2009; Goldreich and Mitchell, 2010).
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Synonyms
Melt lens; Spreading center and ridge

Definition
Axial magma chamber (Melt lens) is a thin melt lens

observed at ocean spreading centers.
Layer 2A or Lava is the top layer of oceanic igneous crust.
Layer 2B is a dike sequence and lies above the axial melt

lens.
Layer 3 (gabbro) forms the lower oceanic crust.
Moho is a boundary between the crust and mantle.
Pg is a seismic ray that travels through the crust.
PmP is a reflection from the crust–mantle boundary.
Pn is a ray that travels in the upper mantle.
Tomography is a technique to image the velocity structure

of the earth.
Introduction
Over 70% of the earth’s crust is formed by the cooling and
crystallization of melt at ocean spreading centers, which
represent over 55,000 km of chains of volcanoes in the
middle of the oceans, called mid-ocean ridges. At ocean
spreading centers, the oceanic plate separates causing the
mantle to move upward, reducing the pressure and causing
the melting of the mantle. Since the newly formed melt is
lighter than the surrounding mantle material, it moves
upward toward the surface of the earth. Part of the melt
is erupted on the seafloor as lava, which cools very rapidly
forming a cap of solid extrusive layer, also known as
Layer 2A (Figure 1). As there is a significant amount of
water present at mid-ocean ridges, the water circulates
deep in the crust. Therefore, the melt stays mainly in the
middle of the crust and erupts along thin dikes.When these
dikes are cooled and crystallized, they form a thick intru-
sive layer or Layer 2B. Below the dikes, the melt could
reside for a long period, forming a steady state melt lens,
called axial melt lens or axial magma chamber (AMC).
The magma cools and crystallizes in this melt lens,
forming a crystalline lower crust. The melt lens forms
the lower limit for further penetration of water, and there-
fore, partial melt is generally present beneath the melt lens
down to the crust–mantle boundary. Sometimes hot melt
ascending from the mantle may get injected in this par-
tially molten region. Based on this basic process, the oce-
anic crust is divided into three layers, lava (extrusive),
dikes (intrusive), and gabbroic crust. The relative
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thicknesses of these layers depend on the spreading rate,
which can vary from a few millimeters up to 200 mm per
year.

Based on the spreading rate, mid-ocean ridges are
divided into four groups: fast, intermediate, slow, and
ultraslow. East Pacific Rise (EPR) is a fast spreading cen-
ter, where the spreading rate varies from 70 to 180 mm per
year (Figure 2). Juan de Fuca Ridge and Valu Fa Ridge are
intermediate spreading centers, where the spreading rate
varies from 55 to 70 mm per year. Mid-Atlantic Ridge
and Central Indian Ridge are slow spreading centers with
spreading rates of 20–55 mm per year. South-West Indian
Ridge and Gakkel Ridge are ultraslow spreading centers
with spreading rates of less than 20 mm per year. The melt
production depends on the spreading rate and, therefore,
the crustal thickness also varies from 3.5 to 8 km, with
an average thickness of 6 km.

Methods
There are two main methods to study the oceanic crustal
structures: seismic refraction or tomography and reflec-
tion methods. In seismic refraction method, a set of ocean
bottom seismometers (OBS) are placed on the seafloor
and an array of air guns is used to generate acoustic energy
that travels throughwater column into the crust andmantle
Crustal Reflectivity (Oceanic) and Magma Chamber, Figure 2 Ma
VFR – Valu Fa Ridge; CIR – Central Indian Ridge. The rectangles indi
Strike Segment at Mid-Atlantic Ridge (Figures 5, 7, 9, and 12); 2 – 9
Pacific Rise (Figures 6, 10, and 13); and 4 – Wharton basin (Figures
and is recorded on OBS (Figure 3). There are three types
of waves that arrive on an OBS: waves that travel in the
crust (Pg) and the mantle (Pn) and waves reflected from
the crust–mantle boundary, Moho (PmP). The travel times
of arrivals of energy on these OBS are used to determine
the velocity structure of the crust and upper mantle. Since
OBS are small in numbers, they are placed 5–20 km apart
on the seafloor, and hence provide a very large-scale
(5–10 km) velocity structure of the crust. Since the com-
pressional (P) waves travel fast, they arrive first on OBS,
and hence mainly P-wave velocities are estimated using
OBS data. However, sometimes secondary (S) arrivals,
converted phases Ps, are recorded on these OBS and pro-
vide information on S-wave velocity.

Seismic reflection method is most commonly used to
obtain crustal reflectivity. A streamer containing pressure
sensors (hydrophones) is towed behind a vessel recording
seismic energy generated by an array of air guns as the
vessel moves at 4.5–5 knots (Figure 3). The length of
the streamer varies from a few hundred meters up to
15 km (Singh et al., 2009), and hydrophones are generally
spaced at 12.5 m. For crustal imaging the air gun shot spac-
ing is�50 m. Depending upon the target depth, the record-
ing length varies from 10 to 20 s (20–60 km depth). This
technique is routinely used for oil and gas exploration,
jor spreading centers on the earth. JFR – Juan de Fuca Ridge;
cate the positions of data/results shown in this entry: 1 – Lucky
� N East Pacific Rise (Figures 8, 11, and 14); 3 – 14� S East
15 and 16).
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and has become a standard technique for crustal studies.
There are standard tools to analyze these data. Since the
source receiver distance is small as compared to the depth
of the target, the data are initially presented as a function
of time, and then are depth-converted using velocities
obtained from the OBS study or from other sources.
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Crustal Reflectivity (Oceanic) and Magma Chamber,
Figure 4 Average one-dimensional velocity of oceanic crustal
layers and mantle (solid brown line). Thin dashed line indicates
velocity determined using tomographic type techniques.
Crustal structure at fast spreading centers
Based on seismic refraction and reflection studies at fast
spreading centers and on ophiolites from Oman, the crust
at fast spreading centers is considered as a layer cake and
is divided into three distinct layers: Layer 2A (pillow
lava), Layer 2B (dike sequence), and Layer 3 (gabbro)
(Figure 4). The velocity in Layer 2A varies from 2.5 to
4.5 km/s, that in Layer 2B from 4.5 to 6 km/s, and in gab-
bro from 6 to 7 km/s. On the ridge axis, a magma chamber
is generally present between the dike and the gabbro layer.

The structure of Layer 2A is inferred either using the
velocity from OBS study or from the reflection method.
The boundary between Layer 2A and 2B is not sharp but
there is a high velocity gradient where the velocity
increases from 2.5 to 4–4.5 km/s in a thin transition zone,
which leads to three arrivals (triplication) from Layer 2A
(Figure 5). However, since the first arrival tomography is
performed on OBS data, spaced at 5–10 km distance,
one can only get a smooth velocity of the crust. Therefore,
a velocity contour of 4.5 km/s is generally used at the base
of Layer 2A (Figure 4, dashed curve).

In seismic reflection data, the triplication from the
Layer 2A/2B boundary lies in a narrow offset range at
intermediate offsets, depending on the water depth and
the thickness of Layer 2A (Figure 5) (Harding et al.,
1993; Seher et al., 2010a). Since the cusp of triplication
has strong amplitude, it can be used to image the base of
Layer 2A, and leads to a very nice image of Layer 2A.
Since the energy lies in a limited offset range, the two-
way travel time for these images varies depending on the
velocity used for stacking. This becomes particularly
important when the thickness map needs to be prepared
from 3D seismic reflection data or compared along long
profiles. In order to objectively compare Layer 2A thick-
ness, a constant velocity that provides the best image of
Layer 2A is used to stack Layer 2A arrival and the
two-way travel time is converted into depth using the
tomographic velocity obtained using either OBS data or
streamer tomography (Seher et al., 2010a).
Plot triplication
Figure 6 shows the image of Layer 2A obtained along the
southern East Pacific Rise (Kent et al., 1994). The thick-
ness of the layer varies from �200 m on the ridge axis
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and increases to 600 m off-axis (Kent et al., 1994; Harding
et al., 1993). The thickening of Layer 2A off-axis could be
associated with the accumulation of lavas away from the
ridge axis. On slow spreading ridges, Layer 2A could be
up to 1 km thick (Singh et al., 2006a; Seher et al.,
2010a). Instead of thickening of Layer 2A away from the
spreading center, its thickness decreases, which could be
due to thinning by stretching (faulting) of the crust
(Figure 7). In fact, the thinnest (300 m) Layer 2A at the
Lucky Strike segment is observed near the Median
bounding faults (Seher et al., 2010a).
There is still debate about the causes of Layer 2A
reflection: it could be due to pillow lava and dike bound-
ary as shown in Figure 4 or due to alteration front associ-
ated with hydrothermal circulation or pressure collapse
boundary (Christeson et al., 2007).

Below Layer 2A, the velocity increases from 4.5 up to
6 km/s, corresponding to dike sequence, below which
a magma chamber reflection might be present. The thick-
ness of the dike sequence is �1.5 km on a fast spreading
center (Vera et al., 1990) and up to 2 km on a slow
spreading center (Seher et al., 2010b).
Axial magma chamber (melt lens)
On a fast spreading center, the axial magma chamber
(AMC) reflector marks the boundary between the upper
crust (lava and dikes) and the lower crust (gabbro). It is
observed along a significant part of the fast spreading axis
at 1.5–2 km below the seafloor. The width of the AMC
varies from a few hundred meters to 4.5 km (Kent et al.,
1993). The largest melt lens is observed beneath 9� N
overlapping spreading center at the East Pacific Rise
(Kent et al., 2000; Singh et al., 2006a) (Figure 8).
Recently, Canales et al. (2009) have imaged an off-axis
melt lens. A 3D seismic reflection study of the 9� N EPR
suggests that there might be an extensive presence of melt
sills off-axis (Carton et al., 2009).

The AMC have also been observed beneath intermedi-
ate spreading centers such as Juan de Fuca Ridge (Canales
et al., 2006) and Valu Fa Ridge (Collier and Sinha, 1990).
They are generally observed about 3 km below the sea-
floor. It has been difficult to image AMC reflection on
slow spreading ridges, which has been due to strong scat-
tering on the seafloor and complex 3D bathymetry. Using
3D seismic reflection technique, Singh et al. (2006b) dis-
covered AMC beneath the Lucky Strike segment of the
Mid-Atlantic Ridge (Figure 9). The AMC is about 3 km
wide and 7 km long at �3 km below the seafloor.

The thickness of the melt lens is difficult to determine.
Forward modeling of seismic reflection data from 9� N at
EPR suggests that it could be 50–100 m thick (Kent et al.,
1993). Seismic full waveform inversion of data from two
locations at the EPR suggests that it should be 50–60 m
thick (Collier and Singh, 1997; Singh et al., 1998, 1999).
Using full waveform of seismic reflection data from 14� S
at EPR, Singh et al. (1999) found that a 60 m thick melt
lens is overlain by a 60 m thick solid roof and underlain
by a 200 m thick solid floor. Above the roof layer, they
find a 200 km thick low velocity layer, which they asso-
ciate with the presence of hydrothermal circulation
(Singh et al., 1999) (Figure 10). The roof layer could
be the transition zone between the hot melt (1,200�C)
below and the hydrothermal layer (400�C) above.

The presence of a solid floor suggests that magma cools
and crystallizes in the melt lens and forms the solid floor.
Using 3D seismic reflection data, we can image the
base of the melt lens. Here the melt lens is about 4.5 km
wide and could be up to 250 m thick (as compared to
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50–100 m observed elsewhere). This could be due to its
very large size (4.5 km) and the presence of low velocity
underneath it (Bazin et al., 2003). Singh et al. (2006a) sug-
gest that up to 40% melt could be present between 1.5 and
6 km depth, making it the largest observed melt lens in the
crust observed on the earth so far (Figure 11).

Using full waveform and partial stacking technique of
seismic reflection data, Singh et al. (1998) show that the
Crustal Reflectivity (Oceanic) and Magma Chamber, Figure 8 Sei
(AMC) and Moho reflection at 9� N overlapping spreading center a
Singh et al., 2006a).
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is from the seafloor (modified from Singh et al., 1999).

Crustal Reflectivity (Oceanic) and Magma Chamber, Figure 9 Axial magma chamber reflection image from the Lucky Strike
Segment of the Mid-Atlantic Ridge (Position 1 in Figure 2).
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lized state of melt lens. They also find that a pure melt
region is associated with hydrothermal activities on the
seafloor, linking the supply of magma from the mantle
with hydrothermal circulation on the seafloor. In order
for the melt lens to be in steady state, it would require
a supply of magma from the mantle every 30 years as it
will take 50 years to completely solidify a 50 m thick melt
lens (Singh et al., 1999).

Lower crust
So far, no other crustal melt lenses have been observed
beneath the axial melt lens. Therefore, only tomographic
methods using OBS data are used to determine the veloc-
ity structure of the lower crust. Using two-ship expanding
spread profile, Vera et al. (1990) and Harding et al. (1989)
found that the velocity in the lower crust (5.5–6 km/s) on-
axis was lower than that off-axis (6.8–7 km/s), which
suggested the presence of partial melt in the lower crust.
Using 3D tomography technique, Toomey et al. (1990)
and Dunn et al. (2000) showed the presence of low veloc-
ity in the lower crust, suggesting the presence of partial
melt. Singh et al. (2006b) found a large anomaly in two-
way travel time between the Moho reflection and AMC
and suggest that up to 40% of melt might be present in
the lower crust (Figure 8). A low velocity anomaly has
also been observed beneath the Lucky Strike segment of
the Mid-Atlantic Ridge beneath the melt lens (Seher
et al., 2010c; Singh et al., 2006b). These results suggest
that partial melt is present in the lower crust beneath the
melt lens (Figure 12).

Based on the study of Oman ophiolite, Kelemen et al.
(1997) and Boudier et al. (1996) suggested that the lower
Crustal Reflectivity (Oceanic) and Magma Chamber,
Figure 11 Seismic reflection image showing the top and
bottom of the axial magma chamber at 9� N EPR (Position 2 in
Figure 2).
crust is formed by injection of melt sills in the lower crust
instead of cooling and crystallization of magma in the
upper crustal melt sill. However, no melt lenses have been
imaged in the lower crust so far, even using 3D seismic
reflection technique (Singh et al., 2006a), which suggest
that the melt in the lower crust must be in small pockets,
not in large melt sills.
Oceanic Moho
The Moho is a boundary between the crust and mantle,
where the velocity changes from 6.8–7.0 km/s to
7.8–8.1 km/s. For a sharp boundary, a clear Moho reflec-
tion is observed. However, the Moho is not just a simple
boundary. Kent et al. (1994) identified three types of
Moho reflection: (1) Impulsive Moho where a clear single
reflection is observed (Figure 13), (2) Diffuse Moho
where reflection from Moho is patchy, and (3) Shingled
Moho where reflection is shingled.

Moho reflections are generally observed away from the
spreading center, not beneath the melt lens. This is
because the upper crustal melt lens and associated lower
crustal melt would attenuate seismic energy and hence, it
would be difficult to imageMoho using conventional seis-
mic reflection techniques. Secondly, it was accepted that
Moho is formed away from the ridge axis. However, using
3D seismic reflection technique, Singh et al. (2006a) have
imaged Moho beneath the wide axial melt lens
(Figure 14), suggesting the Moho is formed at zero age.

Moho reflections are observed �2 s two-way travel
time below the seafloor. The average crustal velocity is
about 6 km/s, and hence the average crustal thickness
is about 6 km. However, Singh et al. (2011) have observed
Moho reflection 1.3 s below the seafloor offshore NW
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Sumatra, where the crust was formed at the fast spreading
Wharton ridge about 55 Ma ago. If we assume an average
velocity of 6.0 km/s, which means at the crust there is only
3.5 km thick, it would be the thinnest crust ever observed
in a fast spreading environment (Figure 15).

Since there is a positive velocity contrast at the crust–
mantle boundary, large amplitude critical angle reflections
(PmP) are generated that arrive at large offsets (15–30 km),
and are recorded on OBS. These data are then used to map
the Moho structure. However, there are two problems in
using arrival times of PmP arrivals. The velocity gradient
in the lower crust is very small or close to zero, and therefore
rays that sample the lower crust do not turn in the lower crust
making it difficult to estimate velocity in this zone. Since the
arrival time of PmP arrival depends on the velocity in the
crust, particularly the lower 3 km of the crust, it is difficult
to estimate both the velocity in the lower crust and theMoho
structure. Since the velocity in the lower crust can be approx-
imated to a large extent�6.8 km/s, these data provide a rea-
sonable constrain on the Moho structure, and are routinely
used. Secondly, the OBS spacing is generally 5–20 km and
the lateral resolution of the Moho structure is very poor.
Crustal thickness
Once we determine the velocity in the crust and Moho
structure, we can estimate the crustal thickness. So far,
most of the crustal thickness estimations are based on
wide-angle seismic studies, and there are significant
uncertainties in crustal thickness estimations for the rea-
son explained above. However, combined analyses of
seismic reflection, refraction, and gravity data suggest that
wide-angle estimation of the crustal thickness can be very
reliable.

The crust formed at fast spreading centers is generally
uniform and 6 km thick (White et al., 1992; Eittreim et al.,
1994) but some variations (5–8 km) have been observed
recently (Canales et al., 2003; Singh et al., 2006a; Barth
and Mutter, 1996). There is no significant crustal thick-
ness variation across the fracture zone in a fast spreading
environment, where it is also 5.5–6 km thick (van
Avendonk et al., 2001). The crust formed at slow spread-
ing centers is generally thick at the center of the segment
(6–7 km) and thin at segment ends (4–5 km) (Barclay
et al., 1998; Seher et al., 2010b). The crust beneath frac-
ture zones in a slow spreading environment is generally
thin (3–4.5 km) (Detrick et al., 1993). The thinnest crust
(3.5–4.5 km) is formed at ultraslow spreading centers
(Jokat and Schmidt-Aursch, 2007). These observations
suggest that the thickness of the crust depends on the
spreading rate and melt distribution in the crust. On the
other hand, thicker crusts are found beneath large igneous
provinces, across hotspot tracks or at the interaction of
plume and ridges, which are believed to be formed by
higher mantle temperatures due to the presence of
a plume (e.g., Parkin and White, 2008; Watts et al.,
1985; Charvis et al., 1999; Grevemeyer et al., 2001). For
example, the crust beneath Iceland could be up to 30 km
thick, and beneath La Reunion Island it is 13 km (Charvis
et al., 1999).

However, anomalously thin crust has been reported.
A 5 km thick crust is observed near the South American
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trench (Grevemeyer et al., 2007) and in the area of IODP
Hole 1256 (Hallenborg et al., 2003) for crusts formed at
the EPR about 20 Ma. Rodger et al. (2006) found an
ultrathin crust (4 km) that was formed near the central
MAR about 85 Ma ago, which they associate to be due
to a reduction in the spreading rate from slow to ultraslow.
The crustal study at ODP holes 504B also found thin
crust (5 km), which Collins et al. (1989) associate to be
due to depleted mantle. Singh et al. (2011) have observed
ultrathin crust (3.5–4.5 km) in the Indian Ocean
(Figure 15) that was formed at fast spreading Wharton
center 55 Ma ago, which they associate to be due to the
interaction of the Kerguelen plume with the Wharton
Spreading center due to channeling of the cold lithosphere
around a plume and its interaction with the spreading
center.

Upper mantle
The velocity in the upper mantle is generally determined
using rays that turn below the Moho, which are called Pn
arrivals. The velocity in the mantle beneath ridge axis is
�7.6–7.8 km/s and is 8–8.1 km/s away from the ridge
axis (Vera et al., 1990; Harding et al., 1989). An extensive
3D tomography and undershoot experiment were carried
out at 9� N EPR. Using these data, Dunn et al. (2000,
2001) obtained a symmetric low velocity anomaly below
the Moho in the mantle. Using the same data and some
new data Toomey et al. (2007) found asymmetric low
velocity anomaly at 10 km away from the ridge axis. There
are serious problems with these results. First, the crustal
thickness in this area varies from 6 to 8 km. Secondly, the
velocity anomaly depends on the background velocity used
during the inversion. Dunn et al. (2000) use
a startingmantle velocity of 8.2 km/swhereas one year later
Dunn et al. (2001) use 7.6 km/s. Although the crustal thick-
ness is up to 8 km (Canales et al., 2003), Dunn et al. (2001)
interpret velocity at 7 km below the seafloor; the part of the
anomaly could be due to crustal variations. Toomey et al.
(2007) show that the ray only penetrates down to 8 km
below the seafloor but interpret the velocity at 9 km below
the seafloor. These conflicting results and the inaccuracy
in inversion led Singh and Macdonald (2009) to suggest
that these results are not reliable. The only robust solution
we have is that the velocity in the mantle is �7.6–7.8
km/s below the ridge axis and 8–8.1 km/s away from the
ridge axis (Vera et al., 1990;Harding et al., 1989). However,
it is possible that melt sills get trapped in the mantle as
shown by Nedimovic et al. (2005) and may lead to a low
velocity anomaly in the mantle.

Faults in the oceanic crust and upper mantle
Alongwithmagmatic process, tectonic processes also play
an important role in shaping the oceanic crust. Singh et al.
(2006b) have shown that median valley bounding faults
could be imaged down to 3 km, close to themelt lens. They
also found extensive faults above the melt lens. It is possi-
ble that some of these faults penetrate down to the crust–
mantle boundary (Dusunur et al., 2009).



Crustal Reflectivity (Oceanic) andMagma Chamber, Figure 15 Seismic reflection image of extremely thin crust in the Indian Ocean
(Position 4 in Figure 2) (modified from Singh et al., 2011).
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Figure 16 Seismic reflection of deep penetrating faults in the
mantle in the Indian Ocean (Position 4 in Figure 2).
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In a subduction zone environment, there are two forces
that act on the incoming oceanic plate: plate bending lead-
ing to normal faulting and compressive forces leading to
thrust faulting. Water can enter into the mantle leading to
serpentinization of the oceanic mantle. Normal faulting
down to 5–8 km below the Moho, related to bending of
the subducting plate and the associated serpentinization,
has been reported for the Central American trench (Ranero
et al., 2003). Faults have also been imaged in the mantle
offshore Sumatra down to 35 km depths (Figure 16)
suggesting that a significant part of the oceanic lithosphere
is involved during oceanic earthquakes.

Summary
The reflectivity of the oceanic crust and axial magma
chambers at ocean spreading centers are described in
detail using real seismic images. The oceanic crust con-
sists of three distinct layers: Layer A is 200–1,000 m thick
and consists mainly of pillow lavas. Layer B is 1–2 km
thick and consists mainly of cooled basalts in dikes.
Layer 3 is 2–3 km thick and is formed by the cooling
and crystallization of magma in the melt lens. Axial melt
lens has been imaged on fast and intermediate spreading
centers and recently on a slow spreading center (Singh
et al., 2006b). Melt lenses are 50–60 m and have a roof
and a floor. Between the melt and Moho, lower crust,
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partial melt is generally present. The oceanic crust is about
6 km thick, which could vary from 3.5 to 8 km. The
P-wave velocity in the mantle lie between 7.6 and
8.1 km/s, but the detailed nature of the oceanic mantle is
poorly constrained and requires further investigations.
Faults due to earthquakes have been observed down to
35 km depth.
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Synonyms
Curie point

The critical temperature above which anymaterial loses its
permanent magnetism.

A rock containing magnetic minerals loses its perma-
nent magnetism when heated up to reach a critical temper-
ature. This is the Curie temperature or Curie point, #c,
above which the rock is paramagnetic. On the atomic
level, below #c, the magnetic moments are aligned in their
respective domains and even a weak external field results
in a net magnetization. As the temperature increases to #c
and above, however, fluctuations due to the increase in
thermal energy destroy that alignment.

Strongly magnetic minerals are all of ferrimagnetic
type, in which neighboring magnetic moments are aligned
antiparallel, as in antiferromagnetism, but unequal num-
bers or strengths give a net magnetization. Among them,
magnetite, one of the members of the titanomagnetite
solid-solution series, is the most important magnetic min-
eral to geophysical studies of crustal rocks (Stacey, 1992).
There are many other magnetic minerals, but they are rare



Curie Temperature, Table 1 Crustal magnetic discontinuities
with corresponding parameters

Area

Magnetic
layer
bottom
depth (km)

Moho
depth
(km)

Temperature
at magnetic
layer bottom
(�C)

Surface
heat flux
(mWm�2)

Variscan units
(central
Europe,
Corsica–
Sardinia block)

29–33 29–33 540–580 60–70

Alpine units
(Alps,
Apennines,
Molasse and Po
basins)

22–28 25–50 500–600 50–80

Ligurian basin,
Tuscany–
Latium
geothermal
area

17–28 17–20 500–650 80–120
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(iron sulfide), unstable (maghemite) or having a weak
spontaneous magnetization due to the canting of its nearly
equal and opposite atomic moments (canted antiferromag-
netism), as hematite occurring in sedimentary rocks often
in solid solution with ilmenite.

Variation of Curie temperature of titanomagnetite,
Fe3�xTixO4, is approximately given by #c =
580 (1–1.26 x), where magnetite (with chemical composi-
tion x = 0) and ulvöspinel (x = 1) are end members. In pure
magnetite, #c is 580�C, but titaniferous inclusions can
reduce #c, which approximates room temperature for x =
0.77 (Hunt et al., 1995). Saturation magnetization is thus
a function of temperature, and it disappears above #c; at
room temperature it decreases from 92 A m2 kg�1 for
x = 0 to about zero for x = 0.8. #c increases with pressure,
but the change is quite small. At the crust–mantle bound-
ary, it should not be more than a few degrees of the exper-
imental values at normal pressure.

The crustal rocks lose their magnetization when they
are at a depth where the temperature is greater than #c
and their ability to generate detectable magnetic anomalies
disappears. A comparison of the crustal temperature with
#c may give information on the depth of compositional
change where magnetic rocks are replaced with
nonmagnetic material. Transforming regional magnetic
anomalies data sets into the Fourier domain and analyzing
their spectra allow to obtain information about deep
magnetic discontinuities (Blakely, 1996). An example of
deep magnetic discontinuities and their relation with
Moho depth, temperature, and surface heat flux in central
and southern Europe is given by Chiozzi et al. (2005)
(Table 1).

The depth of the magnetic layer bottom corresponds to
the Moho in the Variscan units and the expected tempera-
ture is close to #c of magnetite. Beneath the Alpine units,
this depth is within the crust and its average temperature of
550�C indicates the presence of Ti content. In the Ligurian
basin and the Tuscany-Latium geothermal area, the deep
magnetic discontinuity sometimes lies a few kilometers
below the Moho. This may indicate that the uppermost
mantle also contributes to the geomagnetic field. The
observed maximum temperature of 650�C, decidedly
larger than #c of magnetite, is due to the fact that the local
thermal anomalies are not discernible by the spectral
analysis, which is a kind of low-pass filter depending on
the window size of the magnetic data investigated.
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Definition
Scientific drilling. Applying drilling methods developed
in the hydrocarbon and mineral exploration industry to
dig holes and retrieve samples of rock and fluid for scien-
tific, not-for-profit purposes.
Deep scientific drilling. Drilling for scientific research
goals beyond near-surface geological and shallow ground-
water exploration to depths greater than several hundred
meters subsurface, through land, sea ice, or below the
sea/lake floor.

Introduction
Geoscientific insight into the deep Earth is mostly based
on observations from the surface, indirect evidence
through deep geophysical investigations or, increasingly,
modeling. However, several critical Earth system pro-
cesses and records of environmental and paleoclimate
change are difficult to observe from ground level only.
Hence, despite the great progress achieved in solid Earth
science of the past decades, truly ground-truthed knowl-
edge of the dynamics of Earth’s crust is limited.

Today, direct access to the interior of the Earth’s crust is
still confined almost exclusively to sedimentary basins
where hydrocarbon resources are recovered through deep
industry-financed wells, if typically shallow exploration
and mining for groundwater and minerals are neglected.
Deep drilling for mainly scientific reasons has remained
so far a relatively rare exception because the very high cost
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
of drilling is a critical barrier in the design of research pro-
jects. Nevertheless, this threshold can be overcome if soci-
etal interests are pressing, if political and financial support
is gained, and if international long-term cooperation is
achieved. A small number of international Earth science
programs devoted to scientific drilling have been
established with widely agreed strategic scientific goals,
international co-funding, and a necessary minimum of
infrastructure and operational capabilities. While the over-
arching research goals are almost identical, the drilling
programs are separated, based on largely technological
grounds, into oceanic (Integrated Ocean Drilling Program;
Scientific Planning Working Group, 2001) and continen-
tal (International Continental Scientific Drilling Program,
Harms and Emmermann, 2007; Harms et al., 2007).
Goals of scientific drilling
The international programs for scientific drilling address
topics of broad international interest, which can contribute
significantly to solving important Earth science themes of
high societal relevance (Figure 1). The research themes of
these programs can be summarized in three overarching
branches:

� The evolution and dynamics of the Earth’s crust and lith-
osphere, especially in subduction zones and orogenic
belts, with special emphasis on the physicochemical
background of geological hazards such as earthquakes,
volcanic eruptions, landslides, and meteorite impacts

� Environmental, climate, and paleoceanographic
changes as recorded in geological archives of sediments
in the oceans, in lakes, in ice shields, and in other depo-
sitional environments, including the resulting biologi-
cal consequences, as well as the exploration of the
widely unknown microbial biosphere living at depth

� Basic science of unconventional resources such as
methane hydrates or geothermal energy, and of novel
90-481-8702-7,
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utilization of the deep underground environment such
as CO2-sequestration

This entry addresses mainly the first topic on litho-
spheric dynamics, hazards, and evolution of the Earth
because most deep scientific drilling projects are dealing
to a large extent with questions about internal forcing
while climate, environmental, and subsurface biosphere
research primarily employs shallow drilling techniques.
Due to this limited depth extent, paleo-environmental
scientific drilling projects are not included here.

Drilling, sampling, and monitoring techniques
A standard in most deep drilling operations (e.g., hydro-
carbon exploration) is the rotary drilling technique.
A cutting bit is lowered into the ground on a steel tube
rotated through a rotary drive in a drilling derrick. The pro-
pelled drill string consists of connected pipe elements
through which a drilling fluid is pumped down the well.
The drill mud, usually water with clay minerals and other
added solids to provide viscosity, cools the bit and flushes
out chips of the destroyed volume of rock (drill cuttings) to
the surface through the annulus between the borehole wall
and the drill string. The weight-on-bit is controlled
through variable lifting of the pipe, which is pulled down
and kept in tension by heavyweight sections of drill pipe
installed right above the drill bit. The drilling progress is
supported by extending the string in the derrick with addi-
tional sections, or stands, of pipe. When drilling from
a barge, ship or floating platform, the annulus extends only
to the sea/lake floor, so mud and cuttings do not return to
the drill rig. In this setting drilling can be performed with
water in place of drilling mud, and cuttings spill out on
sea or lake bottom around the well. However, if pressure
control and mud return is required, an outer second pipe,
a so-called “riser,” is put in place so the mud and cuttings
can be pumped back to the deck. Furthermore, in waves
or swell, a heave compensation device is required to
ensure constant weight-on-bit. Drilling through tidally
lifted ice necessitates defrosting of the pipe in the ice sec-
tion. Figure 2 summarizes basic drilling methods and
important elements used in scientific drilling.

In normal rotary drilling technique, coring is performed
with a hollow core bit that leaves a central column of rock
that slides into the pipe while drilling progresses. After
a few meters of coring, the whole assembly has to be
pulled back out of the hole (called “pipe tripping”) to get
the core to surface. In scientific drilling projects, by con-
trast, continuous coring is often desirable. To avoid time-
consuming pipe tripping runs, wireline coring techniques
are applied. An inner core barrel is lowered through the
drill string and latches above the core bit to retrieve the
barrel with drilled-out rock column by a winch-drawn
steel cable, obviating the need for a complete pipe trip
with each core. The actual formation-cutting method
varies depending on the type of rock or sediment present.
Typically, thin-kerfed diamond core bits with high-
rotation speed are used for hard rock drilling, roller cone
abrasion bits are used for softer sedimentary rock, and
nonrotating sharp edged hollow metal pistons of several
meters length are hydraulically shot (forced) into soft sed-
iments to collect cores and advance the borehole.
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After research wells are drilled, in situ measurements
and monitoring of active processes in rocks and fluids
allow for unprecedented data acquisition undisturbed by
surface processes. A classic example is seismometer
recordings in boreholes whose resolution and noise floor
is improved by orders of magnitudes in comparison to sur-
face measurements (Abercrombie, 1997). Sealed long-
term borehole observatories have been installed in many
places on land and at sea that are designed to record
changes in temperature, pressure, strain, tilt, acceleration,
and hydrologic parameters, and to sample fluids or micro-
biology (Fisher et al., 2008; Kastner et al., 2006; Prevedel
and Kück, 2006).

Dynamics of continental crust
An unprecedented and still standing depth record in
ultradeep scientific drilling was achieved in 1989 in the
former Soviet Union when the Kola Superdeep Borehole
reached 12,261 m after 25 years of drilling (Kozlovsky,
1987; Fuchs et al., 1990). Temperatures of less than
200�C, low tectonic stress, and special lightweight alumi-
num tools were key to this success. The well intersected
Paleoproterozoic to Archean meta-volcano-sedimentary
sequences and plutonic rocks in the Kola Peninsula of
the northeastern Baltic Shield. The main scientific targets
were the origin and extent of ore deposits as well as the
principal structure and composition of the deeper crust.
Important findings include – besides the falsification of
a hypothesized basaltic layer in an onion-skin-like deep
crust – the discovery of high-permeability and circulating
fluids throughout the crust.

The GermanContinental Deep Drilling Program (KTB)
aimed at principal physical and chemical processes and
the geological evolution of the mid-European continental
crust in an amalgamated collision zone (Emmermann
and Lauterjung, 1997) (Figure 3). After 4 years of drilling
through high-grade metamorphic rocks, a final depth of
9,101 m was reached in 1994 at formation temperatures
of �270�C. A truncated Paleozoic suture zone was
strongly deformed by post-orogenic Mesozoic fault zones
in an antiformal stack. Down to 9 km, faults contain saline,
gas-rich free Ca-Na-Cl fluids, the geothermal gradient
increases from about 21 to 28 K/km, and fluids percolate
freely along fracture pathways. A detailed correlation of
geophysical data with petrophysical properties at depth
allowed for the calibration of surface geophysics to in situ
conditions. Furthermore, for the first time, the state of
stress and the rheological behavior of a deep crustal profile
were analyzed in situ. Determinations of the minimal and
maximum horizontal principal stress between 3 and 9 km
depth yielded a uniform stress direction except for a major
fault at 7 km depth (Zoback and Harjes, 1997). In conjunc-
tion with the deep main well, a 4,000-m-deep pilot hole
just 200 m away allowed for the installation of a deep
laboratory for fluid level (Schulze et al., 2000) and
induced seismicity experiments (Baisch et al., 2002).
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Ultrahigh pressure metamorphic (UHPM) rocks form
the 1,000-km-long Qinling-Dabie-Sulu Belt in China,
which was formed in a Triassic continental plate collision
zone. From 2002 to 2005 a 5,158-m-deep corehole of the
Chinese Continental Scientific Drilling project served to
retrieve a vertical sample profile of the protracted
multiphase deep (>150 km) subduction and rapid exhu-
mation history of UHPM rocks (e.g., Liu et al., 2007;
Zhang et al., 2006). The complex metamorphic path and
its timing could be determined specifically in high-
pressure minerals, which survived late-stage fluid-
enhanced retrogression and overprint encased in zircons
and other refractory accessories.

Volcanic systems
Volcanism is one of the most spectacular expressions of
the dynamics of tectonic processes and the gigantic scale
of recycling working in the Earth. The scientific investiga-
tion of volcanic processes is also crucial for societal secu-
rity and thus an important mission for science. Since most
of the history of volcanism is encapsulated in rocks that
are overlain by sediments, younger lava flows or beneath
the sea, drilling is in many cases a critical tool for the
investigation of the different types of magmatism reaching
surface.
Mid-ocean ridge magmatism
As defined by Conference Participants (1972), ophiolites
represent a suite of oceanic crust plus upper mantle.
Beneath a sediment cover, lava flows and pillow basalts
overlay sheeted dike complexes, gabbroic rocks and, as
part of the upper mantle, serpentinized peridotites and
similar ultramafic rocks. Several holes drilled by the Deep
Sea Drilling Program 1969 to 1985 and the Ocean Drilling
Program 1985 to 1996 confirmed this structure but at the
same time provided a much more complex picture. After
several meters of lava flows were encountered in the early
years of these programs, deeper parts of the oceanic
plutonic rock succession were drilled in composite sec-
tions in tectonic windows and contributed much to the
understanding of the ocean crust and mantle. Several
drillholes in the Mid-Atlantic Ridge provided insight into
slow-spreading modes with emplacement of ultramafic
rocks. A 1,508-m-deep hole (735B) penetrated a long sec-
tion of gabbroic rocks of the slow-spreading Southwest
Indian Ridge off Madagascar (Dick et al., 2000).

The first lava-dike transition was drilled in 6 Ma age
crust of the Nazca Plate off Ecuador (Hole 504B) down
to 2,111 m below seafloor (Alt et al., 1996). And the first
complete section of the upper oceanic crust was recovered
by the Integrated Ocean Drilling Program at Site 1256 in
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2005 and 2006 when the lava-sheeted dyke (1,061 m) and
the sheeted dyke-gabbro (1,407 m depth) transitions of the
Cocos Plate off Costa Rica were penetrated. The 15 Ma
crust was formed in the East Pacific Rise by superfast
spreading producing a thick succession (750 m) of lava
flows, a relatively thin-sheeted dyke complex, and an
upper gabbro section of still unknown extent (Alt et al.,
2007). As the drilled fractionated gabbros (1,407–1,507
m) are not the residues of the overlying volcanics, the full
sequence of plutonic ocean crust and the Moho transition
to the upper mantle remains to be detected in future ocean
drilling (Ildefonse et al., 2007).
Active volcano drilling and subduction-induced
volcanism
The most common and typically most dangerous types of
volcanoes on Earth are aligned along the subduction-
related arc systems. They are typically fed by highly vis-
cous andesitic to rhyolithic magmas whose degassing
behavior is critical for their eruption mode, either effusive
or explosive. While erosion and tectonics provide detailed
insight into solidified and cooled volcanic structures, little
is known about the physical and chemical conditions or
permeability close to and in feeder fissures and magma
conduits of active volcanoes. Despite challenging engi-
neering and safety issues, some attempts have been made
to drill into active volcanism. Still notable because of tem-
peratures of above 1,400�C is the shallow drilling of the
Kilauea Iki lava lake on Hawaii in the 1970s (Hardee
et al., 1981). Furthermore, in Eastern California the recent,
rhyolithic Inyo Lava Domes were sampled to understand
degassing mechanisms (Eichelberger et al., 1986).

A series of devastating eruptions with frequently occur-
ring pyroclastic flows and vulcanian explosions in early
1990 at Mount Unzen Volcano in southeastern Japan
was accompanied by volcano-tectonic earthquakes and
isolated tremor allowing for a geophysical pinpointing of
the ascent path and surface appearance of magma. The
identified conduit locale was within depth reachable by
drilling, and justified drilling to sample in situ conditions
after eruptions ended. Within the framework of the Inter-
national Continental Scientific Drilling Program, the
Unzen Volcano Drilling Project 2004 hit the conduit
through an almost 2,000 m long but 1,500-m-deep well
(Sakuma et al., 2008). Deviated drilling steered by
downhole motors from the northern flank of Unzen was
utilized to meet environmental and safety restrictions.
Large-diameter casings were cemented in place to allow
mud circulation for cooling of high temperatures, which
were modeled to reach up to 600�C. However, maximum
temperatures were as low as 160�C, and no gas kicks
appeared due to enhanced permeability and 9 years of con-
vection and groundwater circulation after the last erup-
tions. At 1,996 m depth, rocks were cored that could be
identified as feeder dyke material (Nakada et al., 2005).

In the next stage of scientific drilling into volcanic fea-
tures, calderas will be explored because they form through
collapse during super-eruptions – the most explosive vol-
canism on Earth. An outstanding example of an actively
inflating caldera is the Campi Flegrei volcanic field in
Naples, Italy (Troise et al., 2007). A shallow crustal
magma chamber, strong geothermal activity with enor-
mous release of volcanic gases, and recent episodes of
unrest call for drilling as a tool to investigate the driving
mechanisms. Similar to the Unzen drilling, a deviated well
is planned to be drilled from the land under the Bay of
Naples toward the center of seismic unrest in the heart of
the structure at 3.5 km depth.
Mantle plume volcanism
Hot spots truncate lithospheric oceanic and continental
plates and build up giant volcanic edifices in Large Igneous
Provinces (LIP) andOcean IslandVolcanoes. Their buildup
requires vast melt extraction from the deep mantle and pro-
vides insight into mantle compositions, transport mecha-
nisms, and the evolution of volcanic structures over space
and time. Several boreholes of the Ocean Drilling Program
opened windows into the Ontong-Java Plateau of the
Western Pacific (Fitton et al., 2004) and the Kerguelen
Plateau in the Southern Indian Ocean (Frey et al., 2000)
to confirm their LIP origin.

In the Hawaii Scientific Drilling Project, the Mauna
Kea volcano was cored with 95% recovery to a total depth
of 3,520 m (3,508 m below sea level) to sample the evolu-
tion of plume melts over about 700,000 years as the volca-
noes have drifted with the Pacific Plate over the Hawaii
Plume (Stolper et al., 2009). The formation temperatures
increase only from about 10�C to 50�C in the borehole
(19�C km�1 gradient below 2,000 m) due to deep circula-
tion of seawater in a complex hydrological regime includ-
ing freshwater inflow as deep as 3,000 m. The circa 850
m subaerial and 2,440 m submarine layered lava and
hyaloclastite accumulations represent almost 400 litholog-
ical units such as individual lava flows. They show geo-
chemical and isotopic heterogeneity with tholeiitic
versus alkaline magma transitions. This bimodal distribu-
tion of source components indicates a radial zoning within
the melting region with a hot inner zone, which does not
contain entrained mantle material and must be based in
the lowermost mantle region (Bryce et al., 2005).

A further drilling target is supercritical fluids at 4–5 km
depth in the Iceland Deep Drilling Project (Fridleifsson
and Elders, 2007). Through coupled geothermal industry
research and scientific investigation of in situ fluid-
magma exchange, the first well at Krafla, Northern Ice-
land, hit rhyolithic magma at about 2,000 m depth before
the well was cased for testing (Fridleifsson et al., 2010).
In the late stages of planning is also drilling of the track
of the Yellowstone plume in the Snake River Plain of
southern Idaho (DePaolo and Weis, 2007).

Scientific drilling into volcanic rocks of the ocean crust
provided the most important test and confirmation of the
seafloor-spreading hypothesis. Samples retrieved from
thickened ocean crust confirmed another type of seafloor
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volcanism forming Large Iigneous Provinces, which con-
tribute large magma volumes to the continental crust as
well. These LIPs seem to represent transient plume heads
while the plume tails persist in ocean island volcanoes.
Hawaii served as pivotal example to drill deep into
a single volcano to sample different parts of the plume
and the volcanic history. Furthermore, recent penetrations
into active volcanoes demonstrated the technical feasibil-
ity of such operations at very high temperatures. This
access to deep volcanic processes is opening novel possi-
bilities for monitoring.
Impact craters
Almost 180 craters on Earth are known currently that have
been formed by astrophysical chance when celestial bod-
ies collided with the Earth. The effects on life and the envi-
ronmental consequences of the destructive forces as well
as the input of extraterrestrial material, including organic
compounds, is an overarching question in Earth systems
history. Together with geophysical illumination, deep dril-
ling into impact structures provides crucial data to study
cratering, informing models of the impactor’s size, impact
angle, the resulting energy release through melting, evap-
oration, ejection and, most importantly, provides data for
charting the aftermaths of such dramatic events. The best
studied example to date is the Chicxulub crater (Dressler
et al., 2003) in which the approximately 10-km-large
impactor penetrated the whole crust and caused upper
mantle rebound and an exemplary drastic biotic turnover
65.5 Ma ago (Schulte et al., 2010). The impact ejected
a spherule-rich ash layer over the whole globe and
released vast amounts of carbonate and sulfate gases pre-
viously bound in sedimentary rocks at the site of impact.
The resulting darkness, cooling, geochemical cycle pertur-
bations, and sudden change of environment interrupted
the food chain and led to the major extinction event at
that time.

In the past decade, four main impact crater studies
including scientific drilling have been accomplished: the
200-km-wide Cretaceous-Paleogene Chicxulub Crater in
Mexico (Hecht et al., 2004), the 1 Ma age 12-km-wide
Bosumtwi Crater in Ghana (Ferrière et al., 2008), the late
Eocene, 60 km Chesapeake Bay Crater in the Eastern
USA (Gohn et al., 2008), and the 14 km Lake Elgygytgyn
Crater in Chukotka, Siberia (Brigham-Grette and Melles,
2009). One of the important results is an improved under-
standing of the cratering process. Giant km-sized
megablocks of target rocks were drilled in the lower sec-
tions of the huge Chesapeake and Chicxulub craters at
800–1,700 m depth. The blocks were shattered by shock
waves into the transient crater and embedded in suevititic
and lithic impact breccias by rapid mass transport in the
crater within a few minutes. Unsorted marine debris flows
driven by resurge and finally sorted airfall layers buried
the blocks, which appear at a first glance as in situ target
rocks. Furthermore, for large craters, a quasi-fluidization
of target rocks and impactors leads to the formation of
a central uplift by rebounded upper lithosphere, whereas
in smaller craters such as Bosumtwi a central peak at about
500 m depth is formed by brittle deformation processes.
Active fault zones
Since the late 1990s, researchers have undertaken a wide
range of ambitious projects aimed at drilling into active
faults in a range of tectonic settings, both on land and at
sea. These projects have been motivated by the recogni-
tion that fault zone processes are poorly understood from
surface data, and that a combination of (a) samples of fault
materials from “live” systems in the subsurface and (b)
access through boreholes to in situ measurements
and monitoring of ambient conditions in active faults,
can provide key new observations for learning about these
processes. Our understanding of the mechanics and
dynamics of plate boundary faulting is severely limited
by a lack of information on ambient conditions and
mechanical properties of active faults at depth. A major
goal in earthquake mechanics research is thus direct in situ
sampling and instrumentation by drilling into the
seismogenic zone of active faults, including both inter-
and intra-plate fault systems in many tectonic settings.

Understanding of the complex physics of tectonic
faulting, earthquakes, and the generation of tsunami in
the Earth’s crust is one of the grand challenges of the
geosciences in general and seismology in particular (Lay,
2009). Because earthquakes take place deep below the
Earth’s surface, direct observation of processes acting in
the faults themselves has generally not been possible;
what we know about earthquake processes is derived from
seismologic observations, geodetic deformation, and stud-
ies of exhumed rocks containing products of slip at depth
long ago. Researchers have learned and inferred a great
deal from these studies, but they are inherently limited.
Much of fault zone drilling is aimed at understanding
earthquake slip, but in fact fault physics encompasses
a spectrum of slip and slip rates ranging from purely
aseismic behavior, such as steady creep, through events
such as slow earthquakes and episodic creep, to true seis-
micity. It is not yet clear how similar or distinct the physics
of these modes of fault slip may be (Ide et al., 2007).

Hence, some of the key questions addressed through
fault zone drilling projects include the following: What
are the deformation mechanisms of fault slip in both
aseismic and seismic conditions? Why is slip sometimes
seismic, sometimes aseismic, and sometimes in an inter-
mediate state, and what governs the transitions among
these processes? How do earthquakes nucleate, and how
does rupture grow and stop? Are there precursory phe-
nomena in the fault or near field that indicate
a preparatory phase to earthquake or slip nucleation? If
so, can a prediction or early warning strategy based on
borehole observation be developed? What are the pro-
cesses governing tsunami-genic slip? What is the role of
fluid content and fluid pressure in modulating faulting
processes, especially during rapid seismic slip? How does
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permeability of the fault zone evolve interseismically and
coseismically? What is the stress tensor in and around
a fault zone throughout the earthquake cycle or other slip?
What controls localization of slip versus distributed strain
in faulting?

Pursuing these questions, a number of major national
and international efforts have been carried out or planned
in recent years. These prominently include the San
Andreas Fault Observatory at Depth (SAFOD), the
Taiwan Chelungpu Fault Drilling Project (TCDP), and
the Gulf of Corinth drilling on land, and the Nankai
Trough Seismogenic Zone Experiment (NanTroSEIZE)
at sea.

Fault zone drilling projects are different in many
respects from most other scientific drilling efforts. Rather
than the complete stratigraphic intervals or sampling of
broader rock volumes targeted bymost other deep drilling,
fault zone targets include discontinuities and small anom-
alous intervals. The targets of interest are often the exact
locations of poorest drilling conditions, such as a highly
fractured damage and gouge zone with potential for excess
pore pressure above hydrostatic condition, anomalous
stress state, weak rock, and other drilling hazards. The
scientific approach commonly focuses on obtaining very
extensive downhole measurements, logs, cores, and seis-
mic structure in and around these fault zone environments.
Measurements at the time of drilling as well as long-term
observations are emphasized.

Nojima fault projects, Japan
Soon after the Kobe earthquake in 1995 (M6.9), several
research teams drilled multiple boreholes into and across
the shallow portion of the Nojima fault (the locus of that
event) from �750 to �1,800 m depth (Ito et al., 1999).
Detailed compositional and structural analyses identified
a narrow fault core of gouge and surrounding damage
zone, with asymmetric structure in the footwall and hang-
ing wall (Boullier et al., 2001; Fujimoto et al., 2001; Ito
et al., 1999; Ohtani et al., 2001; Tanaka et al., 2001). Shear
wave splitting studies of aftershocks showed a rapid evo-
lution of fast direction after the earthquake, interpreted
as evidence of fracture healing during a 12 month post-
seismic period (Tadokoro and Ando, 2002). From
repeated injection tests, permeability change with time
was observed (Tadokoro et al., 2000). The structural prop-
erties (fault zone width, shear wave velocity, and Qs) of
the Nojima fault were studied using Love-wave-type fault
zone trapped waves (LTWs) recorded at two borehole
seismic stations.

SAFOD, California
The SAFOD borehole was drilled into the creeping section
of the San Andreas Fault in central California close to the
northern end of the locked Parkfield segment (Williams
et al., 2010; Zoback et al., 2010). A vertical pilot hole
was drilled in 2002 to circa 2 km depth (Hickman et al.,
2004). The main hole was drilled in three phases from
2004 to 2007 to a depth of 4 km (3 km true vertical depth),
the first 1,800 m vertical, then deviated toward the steeply
dipping San Andreas Fault Zone, and finally crossing the
fault at an angle of 55� (Figure 4; Hickman et al., 2007).
High-resolution seismic observations in the well and at
the surface allowed to steer the well directly into a zone
of repeating micro-earthquakes. The initial main borehole
was logged and cased; repeated casing diameter logs over
time showed that two intervals of casing several meters
wide were actively deforming. Together with drastically
decreasing values of vp, vs, and resistivity, the deforming
intervals were interpreted as a manifestation of creep in
two discrete fault zones (Hickman et al., 2007). In 2007,
the hole was reentered and sidetracks were drilled to
obtain core samples (Williams et al., 2010). A core inter-
val of approximately 40 m was obtained from one of the
two identified major fault zones, and additional cores were
collected from adjacent wall rock intervals. Borehole seis-
mometers installed in the well detected target earthquakes
as small as M � 2 within a few tens of meters of the
source, allowing unprecedented high-frequency detection
of source processes (Ellsworth et al., 2007). A notable
result from SAFOD has been the absence of evidence for
either a thermal anomaly from frictional heating around
the fault core or an excess pore fluid pressure substantially
above hydrostatic anywhere in or around the faults, as well
as geochemical evidence that the fault zone is a permeabil-
ity barrier to cross-fault flow (Hickman et al., 2007;
Wiersberg et al., 2007), simultaneously adding evidence
for absolute fault weakness in the San Andreas and open-
ing new questions about the source of that weakness. The
actively deforming zones consist of about 2 m wide foli-
ated fault gouge showing dissolution–precipitation reac-
tions, serpentinite porphyroclasts and smectite–illite
coatings on minerals lubricating the fault in the creeping
section. A permanent borehole monitoring package for
seismic and tilt observations was installed in 2008. As this
instrument set failed due to hostile fluid conditions, a new
observatory system is in the design phase and will be
installed for long-term measurements. The long-term
observation of in situ physical parameters over several
seismic cycles is the key goal of SAFOD.
Corinth rift laboratory, Greece
The Gulf of Corinth is a location of back-arc extension
within the Hellenic Arc system and is among the most
seismically active areas of Europe (Cornet, 2007). The
Corinth Rift Laboratory (CRL) project drilled into the
Aigion fault at 760 m depth and continued to 1,000 m,
encountering cataclastic fault rocks in a karstic carbonate
host-rock environment. The fault zone forms a strong
hydrologic barrier with an associated pressure differential
across it. Transients in pore pressure have been detected
associated with remote earthquakes (Cornet et al., 2004).
Since 2007, pore pressure measurements have been made
in the borehole, but only in the hanging wall of the fault
zone. Plans for upcoming activities at CRL include
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near-term deployment of a string of high-frequency three-
component geophones, packers, pressure transducers, tilt-
meters, and thermistance meters across the fault penetra-
tion, and also a proposed 4.5-km-deep borehole to
monitor pore pressure and other features of the
seismogenic zone (Cornet, 2007).

Taiwan Chelungpu drilling project, Taiwan
The devastating 1999M7.6 Chi-Chi earthquake in Taiwan
was a thrust event in a collisional tectonic setting that
exhibited very large slip (>10 m), including large surface
displacements, on the Chelungpu fault. The principal
objective of drilling was to sample the main slip surface
or zone, if one could be identified, at a relatively short
post-seismic interval. The fault zone was drilled in 2004
and 2005 in an area of high-velocity large slip during the
main shock, and crossed the fault zone and several hun-
dred meters of the footwall in two adjacent holes (Ma
et al., 2006). The main slip zone and several subsidiary
(or older) fault cores were identified in the borehole
at �1,100 m depth (Hung et al., 2007). Studies of the
fault gouge particle size, thickness, and composition
have yielded quantitative estimates for the work done
in forming gouge and damage (fracture energy), con-
tributing to the understanding of energy budgets during
earthquakes (Ma et al., 2006). Borehole hydrologic tests,
temperature logging, and sample-based frictional experi-
ments contributed to a tight integration of borehole-
derived information with seismological observations.

Wenchuan fault scientific drilling program, Sichuan,
China
The devastating Wenchuan earthquake (M7.9) of May 12,
2008 caused at least 68,000 deaths. It occurred on
a reverse fault in crystalline basement rocks, and slip prop-
agated to the near surface. Only 178 days after the earth-
quake, the Wenchuan Fault drilling program was begun
to access the coseismic slip zone for sampling and in situ
observations, in up to four planned boreholes. The first
borehole was completed in 2008, but results have not been
reported internationally as of this writing.

Subduction zone fault drilling at sea
For over 20 years, drilling efforts have targeted active
large-offset thrusts and décollement faults in subduction
zone settings, but these have mostly been in areas
shallower than the depth of seismogenic strain accumula-
tion and release. Beginning in the 1980s with the Barba-
dos Accretionary Wedge, at the Atlantic Caribbean plate
boundary, drilling was aimed at understanding the faulting
conditions, ambient pore fluid pressure, and mechanics in
a very low angle (�2� dip) décollement thrust fault at the
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base of an accretionary wedge (Moore, 1989). Drilling and
logging measurements made while drilling (LWD) there
demonstrated that the fault zone was a mechanically very
weak interval with high excess pore fluid pressure and
patchily distributed areas of anomalously high porosity
(Moore et al., 1998). Installation of a borehole seal
(CORK), downhole testing, and other studies at ODP Sites
948 and 949 have shown that the fault zone has effective
permeability that is strongly pressure dependent and
varies over �4 orders of magnitude with fluid pressure
(Fisher, 2005). Drilling at Costa Rica off the Nicoya pen-
insula also elucidated the structure of a shallow
décollement zone. Structural studies and geochemical
tracers of hydrological flow paths suggest that two
strongly decoupled systems exist above and below the
�20-m-thick main fault zone, which acts simultaneously
as a low-permeability barrier to cross-fault flow and
a high-permeability channel for along-fault flow (Tobin
et al., 2001). Installation of a sealed borehole monitoring
system there documented an apparently weakly
overpressured décollement zone that exhibits temporal
pressure excursions tied to apparent aseismic transients
recorded geodetically on land (Davis and Villinger,
2006). Similarly, instrumented boreholes at the Nankai
Trough off Shikoku Island in Japan show pressure tran-
sients associated temporally and spatially with swarms
of very low frequency earthquakes, suggesting a long-
distance (tens of kilometers) poroelastic connection
between the earthquake events and the boreholes (Davis
et al., 2006). The same data show long-term pressure
trends interpreted as a response to gradual interseismic
strain accumulation.

Beginning in 2007, IODP embarked on its most ambi-
tious fault zone drilling project to date, to drill a transect
of boreholes, including two deeper than 1,500 m below
the seafloor, spanning the up-dip transition from seismic
to aseismic fault mechanics. The Nankai Trough
Seismogenic Zone Experiment (NanTroSEIZE) project
is the first attempt to drill, sample, and instrument the
seismogenic portion of a plate boundary fault or
megathrust within a subduction zone. The fundamental
goal of NanTroSEIZE science plan (Tobin and Kinoshita,
2006) is to access, sample, and then instrument the faults
in aseismic and seismogenic regions of the megathrust
system. This is pinpointed in a region where recently dis-
covered very low frequency (VLF) earthquakes have been
shown to occur (Ito and Obara, 2006), as well as possible
shallow low frequency tremor (Obana andKodaira, 2009).
NanTroSEIZE involves drilling of faults in the active plate
boundary system at several locations off the Kii Peninsula
of Honshu Island, Japan, from the very shallow onset of
the plate interface at the trench to �7 km depths where
earthquake slip and locking takes place. At this location,
the plate interface and active mega-splay faults implicated
in causing tsunami are accessible to drilling within the
region of coseismic rupture in the 1944 Tonankai (magni-
tude 8.1) great earthquake (Baba et al., 2006). In 2007, an
initial transect of eight sites was drilled to depths from 400
to 1,400 m below the seafloor (Tobin et al., 2009a, b).
Sampling of major large-offset thrust faults imaged in
3D seismic data (Moore et al., 2007) identified strongly
localized fault slip zones even at positions just a few hun-
dred meters below the surface where the host sediments
are poorly consolidated. New evidence from detailed
vitrinite reflectance measurements (Sakaguchi et al.,
2009) suggests that frictional thermal heating may have
affected even these presumed aseismic faults. In
a second stage of drilling in 2009, the riser system was
deployed for the first time to drill a cased observatory hole
to 1,600 m (Saffer et al., 2009), and the incoming plate
geology and fluids were sampled on the incoming plate
beyond the subduction front (Underwood et al., 2009),
to define a baseline and mass balance for material deliv-
ered to the subduction interface. Borehole observatories
to monitor seismic activity, strain, tilt, temperature, and
pore fluid pressure were planned for installation in late
2010. The main objective of NanTroSEIZE, however, is
slated to take place in 2011 and 2012, with planned deep
riser drilling to 7 km below the seafloor, across the full
plate interface. The objective is to access and instrument
the full Nankai plate interface within the seismogenic
zone, sampling the fault and wall rocks and obtaining
measurements for years to come as the interseismic period
passes.
Unconventional resources
Among the unexplored, unconventional resources requir-
ing drilling for basic scientific research are gas hydrates,
in which methane and other gaseous hydrocarbons com-
bine with water to form crystalline, ice-like structures.
Their stability field varies only within a few MPa and �C
but they can be stable even at temperatures above 0�C in
deepwater or buried sediments. Two widespread environ-
ments of their occurrence have been known for a long
time: in sediments of the continental slopes where they
simulate bottom reflectors in seismic images, and below
permafrost in polar regions (Kvenvolden, 1988; Buffett
and Archer, 2004). Although estimates of the global abun-
dance of gas hydrates vary widely, the total volume
appears to be in the same order of magnitude as conven-
tional hydrocarbon resources. At the same time, they bear
a high potential of generating continental slope instabil-
ities causing giant submarine landslides and contributing
significantly to the atmospheric greenhouse effect when
released into atmosphere (Dickens, 2003).

Little is known about the distribution of gas hydrates,
and even less about the physical and chemical parameters
that affect the formation and stability of gas hydrates.
At sea, the best studied, drilled areas are in the Eastern
Pacific off Vancouver Island and at Blake Ridge in the
western Atlantic Ocean off Georgia (Tréhu et al., 2006).
Continental gas hydrate accumulations were drilled in
the Mackenzie River delta in northern Canada (Dallimore
and Collett, 2005). Two observation wells and one central
production well dug to 1,200 m depth were used for an



100 DEEP SCIENTIFIC DRILLING
extensive field program including coring, downhole log-
ging, cross-hole experiments, and production testing. All
three wells show massive thermogenic methane
gas hydrate accumulations between 890 and 1,100 m
depth with the highest concentration at the base of the
gas hydrate stability zone (Takahashi et al., 2005). Simi-
larly, in marine sediments the hydrates are concentrated
in coarse-grained, high-permeability layers. A series of
controlled depressurization and thermal-stimulation exper-
iments yielded important baseline data on phase equilibria
as well as on petrophysical and hydraulic parameters.
Warm drill mud caused dissociation of gas hydrate in
a 13-m-thick hydrate concentration zone at about 920
m depth (80% pore saturation) and produced 50–350 m³/
day. Existing fluid pathways such as in faults appear to
enhance the gas production. Concentrated gas flow along
such pathways seems to be also critical for the gas hydrate
formation, in sediments and especially on seafloor.
Summary
This paper summarizes the most significant, but not all
deep scientific drilling projects that have been carried out
in recent years by international research teams. Key goals
of these projects encompass topics of high societal rele-
vance such as a better understanding of the physics driving
geological disasters and a wise utilization of resources.
Various several kilometer deep drilling ventures allowed
for unprecedented sampling and in situ monitoring of
dynamic processes governing formation and restructuring
of the Earth’s crust such as collision events, volcanism,
faulting, or impact cratering. Despite grand engineering
challenges, deep Earth access techniques are now avail-
able for novel burgeoning scientific exploration. Scientific
drilling promises to be an integral tool of research generat-
ing new observations for the time to come.
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Synonyms
Active source seismology; Controlled source seismology;
Deep seismic sounding; Explosion seismology; Wide-
angle reflection/refraction profiling

Definition
Multi-channel recording, along a measurement line, of
seismic waves, artificially generated using large energy
sources, after these have travelled deep through the earth’s
crust (and upper mantle).

Deep-reflection profiling is done using vibrators
(on land) or air guns (in water) at near-vertical distances
(8–12 km) to image the structure of the crust and upper
mantle. Wide-angle reflection/refraction profiling uses
large explosions and recording distances (200–300 km),
primarily to obtain velocity information down to upper
mantle.

Introduction
Vibrations caused by earthquakes are known to travel
great distances, and provide valuable information about
the internal structure of the earth. Explosions and other
artificial sources could also be used to generate such
waves. Man-made earthquake signals have several advan-
tages of their own, e.g., their location – both in space and
in time – is precisely known. Further, due to relatively
shorter distances of observation, higher frequencies are
better preserved, and allow a better resolution of the sub-
surface structure. Development of marine seismics has
extended the coverage of this technique to offshore
regions too.

As a science, Deep Seismics is positioned between
exploration seismics and seismological studies. The for-
mer uses man-made waves to investigate structures in
the sedimentary basins (down to about 5 km) to locate
likely occurrences of oil and gas, whereas the latter uses
earthquake-generated waves to study earth’s deep interior
down to the core.With the shared theory of wave propaga-
tion in (visco)elastic media, similar instrumentation and
computer-intensive processing/interpretation techniques
(see Seismic Data Acquisition and Processing for a
comparative table), there is considerable overlap between
these two approaches. Improvements in data-acquisition
and processing have extended the depth-range of explora-
tion seismics – covering the entire continental crust down
to Moho and the upper-mantle region immediately below
it (50–100 km). Such studies are called by different names
(deep seismic sounding, long-range reflection/refraction,
wide-angle crustal-seismics, etc.) depending upon their
focus and regional usage. Here, the term DSRRP, derived
from the title, will be used to denote this developing
branch of Earth Sciences, concerned with studying the
(continental) crust and upper mantle of the earth, using
man-made sources. The article will include studies of con-
tinental margins, but not those covering oceanic crust (See
also Earth’s Structure, Continental Crust).

There are several good resources about the general
theory of wave propagation in elastic media (e.g., Aki
and Richards, 2002) and exploration seismics (e.g.,
Sheriff and Geldart, 1995 and “Seismic Data Acquisition
and Processing”), special issues pertaining to the latter
in the context of DSRRP will be elaborated whenever
needed. Below, all capitals will be used for acronyms
and phrases within double quotes will refer to articles
elsewhere in this volume.
Basic principles
Figure 1 illustrates the principle of the seismic experiment
using a simplified earth model. Here, a horizontal
boundary separates the top layer of velocity (actually
wave-speed) v1 and thickness d from a half-space of
velocity v2, with v1< v2, mostly valid within the earth.
After the generation of the vibration at the source, elastic
energy travels through the media, and is recorded by many
(usually hundreds) of receivers on the surface as seismic
traces, the collection being a seismic record. Plot of such
a record – amplitudes as a function of recording distance
vs. travel-time – shows distinct spatio-temporal
alignments, representing different wave-types (phases),
three of which have been sketched in the figure.
Depending upon their travel path, the phases show up in
the record as first, or, later arrivals, and have information
about the structure of the medium. In addition, the
amplitudes of these arrivals – and their variation with
the recording distance (offset) – yield information about
the material properties of the medium, e.g., density,
elasticity, etc.

The subject matter of this article forms an extension of
exploration seismics, which is a broad field, with
a substantial literature. Sheriff and Geldart (1995) and
Liner (2004) provide good coverage of its various
aspects, e.g., theory, data-acquisition, -processing, and
-interpretation. Aki and Richards (2002) (theory of wave
propagation), Vermeer (2002) (data-acquisition), and
Yilmaz (2001) (data-processing) provide more focused
treatments of individual topics. DSSRP-specific modifica-
tions/extensions to the standard field- and processing-
procedures will be described later; see Seismic Data
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Deep Seismic Reflection and Refraction Profiling, Figure 1 Schematics of a multi-channel seismic experiment to image the
earth (layer of wave-speed v1 overlying a half-space of wave-speed v2). Energy travels from the source through the medium and is
recorded by the receivers (filled triangles), planted in the ground, as seismic traces. Lines with different patterns represent typical
travel paths (rays). Dash-dots indicate energy directly travelling from the source to the receivers along the surface, continuous lines
show reflections from the layer boundary, and dashes represent energy critically refracted along the boundary. The upper-half uses
the same patterns to show the travel-times of these three arrivals. The refracted phase is first recorded at the critical distance xcritical
and overtakes the direct wave as the first arrival from the crossover distance xcross onward. Letters v, c, and w are points
representing (near) vertical, critical, and wide-angle incidence of energy on the boundary, see text for further explanation.
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Acquisition and Processing for a general introduction.
Based on Figure 1, a brief overview of some key concepts
from seismics – relevant to DSRRP – follows.

Linear arrivals represent the travel-times of both direct
and refracted arrivals, if v1 and v2 are constant, the
slopes (dt/dx) being inversely proportional to the
corresponding velocities. Using these, and the intercept
time (tint, Figure 1) of the refracted arrival, the layer
thickness d can be calculated.

Critical distance is the minimum recording distance for
observing the refracted wave. According to Snell’s law,
only when the energy is incident on the boundary at the

critical angle ¼ sin�1 v1
v2

� �
, will it be refracted along the

boundary, will propagate with the velocity v2 of the lower
medium, and will keep sending energy back into the upper
medium according to the Huygen’s principle.

Crossover distance denotes the distance, beyond which
the faster refracted phase overtakes the direct wave
(v2> v1) and becomes the first arrival; the latter can also
be used to determine the thickness d. In a layered earth
with velocities increasing with depth, refraction arrivals
from deeper boundaries become the first arrival after their
respective crossover distances. Note, that A. Mohorovicic
used the overtaking of the direct P-phase by a faster
(refracted) one, which he called Pn, to infer the thickness
of the earth’s crust and the presence of a higher velocity
medium underneath.

Reflections represent that part of wave energy incident
upon a layer boundary, say at the point “V ” in Figure 1,
which will be transmitted back into the upper medium,
according to Snell’s law. The reflected arrival is hyper-
bolic in shape, with its apex at time t0, corresponding to
the vertical two-way time (= 2d/v1) from the source down
to the boundary and back. Reflection amplitude is sensi-
tive to the (contrast of ) material properties across the
boundary, and the incidence angle, and provides valuable
additional information regarding the media. The impor-
tance of this phase for crustal imaging was realized fol-
lowing corresponding advances in exploration seismics.

Super-critical incidence occurs, as the recording dis-
tance increases, with the incidence angle changing in
Figure 1 from (near) vertical (e.g., point “V ”) through the
critical incidence (e.g., point “C ”) to super-critical (e.g.,
point “W ”). Note, that the reflection hyperbola becomes
asymptotic to the linear arrival belonging to the layer above,
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but never crosses it. This relationship holds in
a multi-layered situation, with increasing velocities, too.

Wide-angle incidence corresponds to large recording
distances (compared to the target-depth), and sees
a sharp increase of reflection coefficient. Reflections from
crustal boundaries, even with small contrasts, may thus be
observable in this wide-angle range. Also, the quantity
tx� t0 associated with the reflection hyperbola
(Figure 1), called normal moveout (NMO), can be mea-
sured well in this region and helps velocity estimation.
The seismic signal window gets compressed though at this
range due to the geometry (kinematics) of the travel-time
curves; note the squeezing in Figure 1 (top) between the
direct and the reflected branches with distance.

Modern DSRRP represents an integration of the near-
vertical and wide-angle modes of seismic investigation.
While near-vertical multi-channel reflection seismic
(NMRS) provides powerful tools for structural imaging
developed for the exploration industry, wide-angle reflec-
tion/refraction (WARR) is valuable for constraining the
velocities of the crustal units and thus provides the geolog-
ical framework.
Data acquisition
Seismic field measurements need three components,
namely, man-made source to produce seismic energy
(usually at the earth surface, or, within water), which then
propagates within the earth, receivers (usually also at
the surface) to pick up a part of this energy returning
back after reflection/refraction/diffraction (scattering in
general) from within, and recorder to store the received
signals (nowadays after digitization), see Seismic Data
Acquisition and Processing for details.

Sources used in DSRRP have to be much stronger than
those typical in exploration, as the distances travelled
by the seismic waves – both vertically, but especially
horizontally – are much larger. Earlier, large
explosions – several kilotons of TNT strong – were rou-
tinely set off for this purpose. Such explosions – some-
times under water – were recorded over long distances,
sometimes across international boundaries (Steinhart and
Meyer, 1961; György, 1972; Kaila et al., 1978). Some-
times quarry-blasts were used for crustal seismic studies,
provided good arrangements could bemade for the record-
ing of the time of explosion. Calibrating and monitoring of
nuclear explosions necessitated several long-distance
(mostly) refraction profiles, with nuclear explosions as
sources (see also Seismic Monitoring of Nuclear Explo-
sions). Later, very long-range crustal seismic measure-
ments were carried out in the Soviet Union using
dedicated peaceful nuclear explosions (Pavlenkova and
Pavelenkova, 2006). Although chemical explosions
continue to be used for WARR studies, powerful hydrau-
lic-driven mechanical vibrators on land and large com-
pressed-air sources (air guns) under water are preferred
for NMRS; these have sufficient energy to return signals
back to the surface from Moho and upper mantle.
Receivers used in DSRRP are similar to those used in
seismology and in exploration seismics, but need some
special characteristics. Long measurement profiles imply
deployments over a large distance/area, often necessitat-
ing stand-alone capabilities, especially for power supply
and storage capacity, see Mereu and Kovach, 1970, in
which mention is also made of an early German effort
(MARS-66) using a portable four-channel analog tape
recorder. Modern DSRRP receivers digitize real-time
and can often be programmed to record at certain
prearranged time-windows (see Texan in the references).
For near-vertical land/marine deployments, standard
equipment from the exploration industry is used; nowa-
days even these are frequently cable-free, and use radio
communication for data-transfer.

Time-of-shot transfer, with high fidelity, from the
source to the recorder was the weakest link in DSRRP –
especially for WARR deployment, with distances of
several hundred kilometers. Early experiments used
short-wave radio-link, or, the parallel recording of
a continually broadcasting radio transmitter. Availability
of GPS-based time-signals, and high-quality internal
clocks, has mitigated this problem.
Field layouts
Receiver arrays were utilized early on for long-range
refraction-seismic studies for their effectiveness in record-
ing signals from preferred directions (possible nuclear-test
sites), and gave rise to permanent installations in several
countries, e.g., NORSAR (Norway), GBA (India), and
WKA (Australia). More recently, dynamic arrays have
also been deployed. The Program for Array Seismic Stud-
ies of the Continental Lithosphere (PASSCAL), an initia-
tive under the Incorporated Research Institutions for
Seismology (IRIS), has made hundreds of identical instru-
ments available for temporary deployment (see PASSCAL
in the references) at many places around the world. Using
such receivers, a 15-year static/dynamic observation of
seismic signals is currently under way in the USA (see
USARRAY in the references), which uses natural sources
(passive seismics) too.

Multi-channel near-vertical land/marine studies use
standard industry equipments and deployments (see
Seismic Data Acquisition and Processing for details), the
main difference being a much longer recording time
(15–30 s, or longer). When using vibratory sources on
land, long sweep- and listening-times are needed too. If
the continental crust is covered by a shallow water layer
(e.g., British Isles), marine seismic data acquisition offers
twin advantages of speed and better signal-to-noise ratio,
leading to better imaging.

DSS – DSRRP – onshore–offshore in the early days
recorded from the source (near-vertical) outward and con-
tinued at least till the Pn-phase (refraction below Moho)
was recorded as the first arrival (Gamburtsev, 1952).

Outside Soviet Union, this technique was extensively
used in India starting 1972, to study the tectonic
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Acronym Location Period Remarks

COCORP USA 1975– Pioneered near-vertical imaging
BIRPS UK 1981–1998 Marine-seismic imaging
DEKORP Germany 1983–1997 + Deep drilling (KTB)
LITHOPROBE Canada 1984–2003 + Multidisciplinary
ECORS France 1983–1991 + IFREMER (marine)
INDEPTH China 1992– + US and other countries
ANCORP Chile 1996 + Germany and other countries
KRISP Kenya 1985–1994 + European and US universities
BEST Russia 2002 + Denmark and Poland
BABEL Baltic Sea 1989 European groups, on-/offshore
EAGLE Ethiopia 2003 + European and US universities
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framework of the subcontinent (Reddy et al., 1999), and
was later adapted for sub-basalt (Deccan Trap) explora-
tion. Many DSRRP investigations nowadays combine
the two modes somewhat differently, an industry standard
common mid-point (CMP) -profile (NMRS) is frequently
interspersed with a few widely spaced explosions,
observed at large distances (WARR). Variations include
two-ship marine recording (see below) and simultaneous
onshore–offshore recording, particularly useful for inves-
tigating continental/accretionary margins.

(Inter)national consortia in DSRRP started in 1975,
when an industry crew measured a reflection (CMP) pro-
file in Texas, using a vibratory source, with a recording
time of 15 s (Finlayson, 2010b). For the next two decades,
a large amount of data was collected and analyzed in sev-
eral national academic–industrial collaborations: Table 1
provides a partial overview and IGCP-559 (2010b) is
a good internet resource with many more details.

More recently, international DSRRP efforts are studying
specific geological problems, e.g., Himalaya and Tibetan
Plateau (Zhao et al., 1993), or, active continental margin
in Central Andes (ANCORP working group, 2003).

Special processing and interpretation tools
Processing schemes for DSRRP data followed, at first, the
standard industry scheme, even as the latter was undergo-
ing change, e.g., transition from 2-D to 3-D coverage and
true-amplitude processing. Soon, however, the special
needs of processing deep seismic data were realized. As
a result, new schemes were established, including mod-
ules newly developed by the industry and academia, and
older data were frequently reprocessed, often resulting in
better images (Cook and Vasudevan, 2006).

Line-drawings sketched on paper plots were used at
first, to prepare DSRRP data for further processing, e.g.,
migration and interpretation. This is because, unlike
basin-reflections, deep-crustal seismic signals are gener-
ally characterized by weak, laterally discontinuous
backscattered energy – embedded in a noisy background.
Lines were therefore manually drawn on the seismic sec-
tion to represent more-or-less continuous alignments,
which were taken to represent boundaries meaningful for
interpretation. Clearly, the process was strongly
subjective. This approach was also linked to the tradition
of interpreting long-offset data using long refraction seg-
ments; naturally, it neglected a large part of the recorded
signals with limited lateral continuity.

Coherency filter was proposed to mitigate this. Kong
et al. (1985) formulated a procedure to automatically iden-
tify signals present in the seismic section. Based upon the
concept of phase-coherency, it uses a few user-defined
(tunable) parameters, to yield repeatable results, and can
detect weak but laterally continuous signals. Some form
of coherency filtering has nowadays become a part of
the standard processing flow for deep-reflection data.

Statistical processing of DSRRP data, for objective
high-grading using a coherency criterion, has also
received attention. Hansen et al. (1988) proposed
a method based upon statistical hypothesis testing, which
provided some estimate of the robustness of the results,
albeit at the cost of additional computation time.
Vasudevan and Cook (1998) introduced the concept of
skeletonization to delineate regions of the deep crust based
upon their seismic signature, Baan (2000) included local
signal statistics for high-grading.

Attempts have also been made to treat the entire
deep-reflection wave-field as the backscattering from
a random medium (Hurich, 1996; Hurich and Kocurko,
2000; Pullammanappallil et al., 1997), and analyze it to
extract parameters describing the medium – this will be
further discussed below.

Vertical- vis-a-vis horizontal-tectonics used prefer-
entially could lead to different interpretations of the
same data. DSS-profiles in György, 1972 and later
literature (e.g., Kaila et al., 1979) frequently contain,
e.g., intra-crustal normal faults. With the hindsight of the
paradigm shift associated with the formulation of plate
tectonics, some of these may need to be revisited. Gibbs
(1986) illustrated this intriguing possibility of an alternate
interpretation by using a DSS-section sans the earlier
interpretive lines.

Main results
NMRS recordings of 12–15 s contain coherent reflected
energy from down to 35–45 km, depending upon the pres-
ence/absence of sedimentary cover. Crystalline crust
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appears to be much more reflective than assumed earlier,
although there are transparent zones too. In general, the
mature continental middle crust is less reflective (more
transparent) than the lower crust – probably indicating dif-
ferences in their rheology (brittle vs. ductile). Intra-crustal
dipping reflective zones – of both thrust- and normal-fault
types – are encountered frequently. At times, these cut
through the Moho into upper mantle as frozen evidence
for palaeo-subduction.Moho appears frequently as the ter-
mination of diffuse reflectivity, the boundary itself occa-
sionally showing sharp displacement (sign of strength).

Data from WARR recordings can be modeled in terms
of longer boundaries separating tectonic/velocity blocks
at a regional scale (see below). These also provide occa-
sional evidence of sharp offsets in crustal boundaries
including Moho, the latter seems, in some cases, to be
doubled.

The role of deeper structures – especially deep-faults –
in controlling the evolution of shallower geology, e.g.,
deposition, deformation, fluid-movement, etc., is being
increasingly appreciated. The knowledge gained is of eco-
nomic significance, both for understanding systems asso-
ciated with economic accumulation of hydrocarbons and
minerals, and to help steer search for them.

International Biennial symposia have been organized
(roughly) every 2 years since 1984, to showcase the data
and discuss the results from DSRRP surveys. The publica-
tions resulting from these meetings provide a historical
record of the progress of DSRRP – both with respect to
technological advancement and scientific knowledge
(Barazangi and Brown, 1986a, b; Matthews and Smith,
36
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Deep Seismic Reflection and Refraction Profiling, Figure 2 DSRR
and reflected energy are clearly visible at a distance of about 233 km
100 m. The first arrival, here marked PM, is the head-wave from Mo
reflection from the base of the crust. For further details, see György
1987; Leven et al., 1990; Meissner et al., 1991; Clowes
and Green, 1994; White et al., 1996; Klemperer and
Mooney, 1998a, b; Carbonell et al., 2000; Thybo, 2002;
Davey and Jones, 2004; Snyder et al., 2006; Thybo,
2010; IGCP-559, 2010a).

(Re)processing, synthesis, and interpretation of the
vast amount of DSRRP data – near-vertical and wide-
angle – is not an easy task. The data quality depends
mostly upon the respective geological settings and the
data-acquisition technique and parameters used. Uniform
processing of this dataset of mixed quality/vintage is nec-
essary though for regional syntheses and interpretation, to
understand the internal architecture of the continental
crust (e.g., Phinney and Roy Chowdhury, 1989; Cook
and Vasudevan, 2006).

The results from DSRRP are incorporated in several
articles in this volume (please see the cross-references).

Through the years, DSRRP has made significant
advances – technological in data-acquisition and method-
ological in processing/interpretation; its scientific results
have included several surprising features – some of which
are still being interpreted – and have yielded new insights
into the processes that shape the continental crust. Below
are a few of these highlights; the acronyms referring to
the consortia/projects are explained in Table 1.

Early DSS(RP) in Eastern Europe has been nicely sum-
marized in György (1972), fromwhich Figure 2 is taken. It
shows a part of a long-offset (�233 km) DSS profile
recorded in the Ukraine in the 1960s, as part of extensive
DSS-surveys in the East-European countries mentioned
earlier, which had established the observability of both
38
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P data recorded in Ukraine in the 1960s. Both refracted energy
, and is correlatable trace-to-trace with a geophone spacing of

ho (Pn), the strong later phase, marked PM
refl , is the wide-angle

(1972, p. 50) (Courtesy Geophysical Transactions).
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refracted- and reflected-phases in the wide-angle range.
High apparent velocity of the refracted Pn-phase (first
arrival at those distances), and its relationship with
reflected (later) phase, help identify the base of the crust
as their origin. Some figures in the above reference also
show near-vertical reflections from the Moho, albeit with
less clarity, not surprising in view of the older acquisition
technology.

György (1972, p. 44–68) includes on page 66 a contour
map of the Moho-depth below Ukraine, the detail of
which, although debatable, is impressive, especially con-
sidering its vintage. It is based on an astounding 6,000
line-km of DSS profiling with a dense network, following
the methodology described in Gamburtsev (1952). The
contours indicate depths between 22.5 and 55 km, with
rapid lateral variations at places. The latter were
interpreted as deep-faults displacing the Moho.

Imaging deeper with multi-channel exploration seis-
mics began in 1975. The COCORP consortium – the
catchy acronym is reported to have been coined past mid-
night at a bar in Mexico – pioneered the use of industry
standard sources (vibrators), recording layout (NMRS),
and processing for deep seismic profiling on land. It was
shown that under favorable geological and recording con-
ditions, useful signals could be received back from depths
of 40–50 km, by using four to five vibrators simulta-
neously and extending the recording time (Oliver et al.,
1976). Later, similar studies confirmed that the crust
underlying the basement possesses variable reflectivity,
including some transparent regions. Moho, the base
of the crust, often showed up on such images as the termi-
nation of a zone of diffuse reflectivity, and not as a long
and sharp boundary inferred from earlier (refraction)
studies.

One of the early surprises of the COCORP lines was the
discovery of a mid-crustal zone of strong reflectivity
West0
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Deep Seismic Reflection and Refraction Profiling, Figure 3 Anno
showing coherent reflections from throughout the crustal column.
dipping thrust-like features (e.g., Outer Isles Thrust) can be seen at
dipping reflective zone (Flannan Thrust) is seen to penetrate throug
see Brewer and Smythe 1984 for details).
below southern Georgia, USA; the Surrency Bright Spot
was reconfirmed during a later survey (Pratt et al.,
1993). Zones of strong reflectivity have since been
reported in other surveys too, e.g., the Quebrada Blanca
Bright Spot (QBBS) in Andean subduction zone
(ANCORP working group, 2003) and the Nyinzhong
Bright Spot (NBS) under Tibet (Makovsky and
Klemperer, 1999). The possible cause(es) of this strong
reflectivity remain controversial (see below).

Marine-seismic imaging of the continental crust was
seized upon to (partly) alleviate the unfavorable signal-
to-noise ratio (SNR) for deep seismic data-acquisition
on land (noise from traffic, industry, etc.). Offshore sur-
veys in waters underlain by continental crust were
expected to provide better images of the latter (although
marine seismics has its noise-sources too). Phinney
(1986) confirmed this using data from a 48-channel
marine survey (recorded by USGS during 1973–1979)
over the Long Island Platform. The original stack-
sections of Lines 36 and 23, processed to 12 s, showed
clear evidence of a rich crustal architecture, with half-
grabens, wedges, and other tectonic features indicating
both the compressional- and extensional phases of
a Wilson-cycle.

Existence of known and expected hydrocarbon-bearing
basin structures had already attracted marine-seismic
exploration activity in the 1970s and 1980s to the waters
around the British Isles. The latter, surrounded by North
Sea and the northeast margin of the Atlantic Ocean, are
a part of the European continental shelf. Starting 1981,
this situation was utilized to great advantage by the BIRPS
consortium – essentially by extending the marine-seismic
exploration recording time to 15 s. The very first profile,
MOIST (recorded by the preceding BIRPS group),
contained strong reflections from lower crust, Moho and
upper mantle (see Figure 3), which could be connected
East
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to surface-geology on land (Smythe et al., 1982), and even
prompted correlation of tectonic evolution across the
Atlantic (Brewer and Smythe, 1984).

Later BIRPS profiles, e.g., WINCH (Brewer et al.,
1983), continued to impress with very good data quality
and evidence for shallower/younger tectonics being con-
trolled by older/deep-crustal structures. The DRUM pro-
file extended the recording to 30 s. The density of
coverage and the quality of data allowed Flack andWarner
(1990) to map deep reflections in 3-D, and enabled
Chadwick and Pharaoh (1998, p. 268) to produce
a contour map of Moho beneath the UK, which may be
compared with a similar map below Ukraine (György,
1972, p. 66) mentioned earlier.

Integrated transects, using additional geophysical
tools, e.g., magneto-tellurics, electro-magnetics, and
geochrology, characterized the LITHOPROBE
programme in Canada. It took advantage of the geology
to investigate both ancient processes, e.g., assembly of
continents, and modern crustal dynamics of active sub-
duction, detachment, and imbrication. For example, the
Kapuskasing uplift, one of few lower crustal exposures
on earth surface, was imaged in the KSZ-transect (Percival
et al., 1989), whereas the transects SNORCLE and SC
examined younger mountain building processes (e.g.,
Clowes et al., 1983).

Relating to the ground truth, the strength of explora-
tion seismics, is the Achilles’ heel of DSRRP (and
seismology). Super-deep drill holes provide the only
opportunities of directly correlating observations to the
rock-properties; the German DEKORP programme was
able to utilize this in a symbiotic manner.

Besides WARR recordings of quarry-blasts, Germany
had an early start in near-vertical recordings of deep
reflections and statistical evaluation of their amplitudes
(e.g., Dohr, 1957; Dohr and Fuchs, 1967). The DEKORP
programme was formulated to study the evolution of the
European continent through Variscan and later orogenic
episodes. More recently, their efforts have included inter-
national investigations across active collisional zones,
e.g., Alps (Gebrande et al., 2006) and the Andes
(ANCORP working group, 2003).

DEKORP played an important role in the site-selection
phase of the German super-deep drilling programme,
KTB, which was set up to drill� 10,000 m down through
an ancient geodynamic suture (see Emmermann and
Lauterjung (1997) for an overview of KTB). Later,
besides providing a reference point for the seismics at
the drill-site, the KTB programme has yielded direct evi-
dence of shear-zones, anisotropy, and substantial amounts
of fluids deep in the crust; the analysis of the latter has pro-
vided new insights into their origin and role in controlling/
influencing geodynamic processes.

The Russian super-deep drilling programme in the Kola
peninsula (Smythe et al., 1994) reached the record
depth of 12,200 m, and also provided valuable ground
truth regarding the macrostructure of the mature continen-
tal crust, and the origin of crustal reflectivity.
Upper-mantle reflectivity – frozen subduction has also
seen a paradigm shift as a result of DSRRP investigations.
Reflection signals from the upper mantle had already been
reported in the wide-angle data (György, 1972). DSRRP
has provided vivid proof that reflective zones may extend
into the upper mantle too. Analysis of wave propagation
through this region has helped us understand their struc-
ture and the possible role of scattering (see below). Dip-
ping reflectivity in this region has provided information
regarding palaeo-tectonics and may – in some cases (see
Figure 3) – be evidence for palaeo-subduction. Such evi-
dence has been reported from DSRRP experiments in dif-
ferent parts of the world (e.g., BABEL working group,
1990; Morgan et al., 1994).

Rheology of crust, Moho, and upper mantle depends
upon their composition and in situ physical conditions.
Intra-crustal faulting, affecting even the Moho, was
already inferred from DSS data in Ukraine (György,
1972) and also from reflection/refraction in Southern
Alberta (Kanasewich et al., 1969). DSS data from the
Indian shield (Kaila et al., 1979) was used by Roy
Chowdhury and Hargraves (1981) to infer constraints
about the thermo-tectonic evolution of the early earth.
With improved acquisition/processing, such features are
now regularly reported from different parts of the world,
and are no longer considered exceptions.

(Near) vertical offset in the Moho, inferred at many
places from teleseismic, gravimetric, and other geophysi-
cal observations, is now often imaged in NMRS. This
has important bearings regarding the nature ofMoho. This
first-order seismic boundary is often thought to be
a surface that re-equilibrates after tectonic events above
(e.g., thrusting), or, below (e.g., underplating). DSRRP
images contain examples that contradict this view, show-
ing that Moho topography can survive later orogenic
cycles, e.g., BABEL working group (1990); Diaconescu
et al. (1998) – Figure 4 is taken from the latter. The reason
for this behavior is not well understood.

The thermal- and the stress-regimes in the lower crust
and upper mantle determine the interaction between the
two during the formation of Moho as the boundary layer.
Chadwick and Pharaoh (1998) interpret a DSRRP line
by associating increased reflectivity of the Moho there to
its being a detachment surface resulting from low-angle
shear (Figure 5). Local doubling of Moho has also been
seen at places, especially in the WARR data – its evolu-
tionary mechanism remains unclear though.

WARR had taken a back seat for a while with the
increasing use of NMRS. With progress on some of the
processing issues (see below), it has made a comeback
though following the adage structures from reflection
and velocities from refraction. Many recent DSRRP
experiments have specifically included both the compo-
nents. WARR is, sometimes, a part of onshore–offshore
measurements, sometimes three-component receivers are
used to study crustal anisotropy, etc. Mooney and Brocher
(1987) provide a review of earlier coincident WARR stud-
ies. A more recent example is BABEL working group
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(1993). Stand-alone WARR measurements remain useful
at places where continuous reflection profiling may be dif-
ficult, an example being the recent KRISP experiment in
the Kenyan Rift Valley (Khan et al., 1999).

Deep seismic investigations using nuclear explosions:
During 1965–1988 (before the comprehensive (nuclear)
test ban treaty), the-then USSR had carried out a series
of very long-range seismic experiments using peaceful
nuclear explosions (PNEs), supplemented with chemical
explosions placed every 100–150 km. (Benz et al.,
1992). Employing three-component receivers, typically
10 km apart, and recording out to 1,550–3,000 km
(Pavlenkova and Pavelenkova, 2006), these datasets will
provide an invaluable basis for current and future research
as they become widely available. QUARTZ, the profile
studied most, 3,850 km long, used 400 three-component
receivers, 3 PNEs, and 51 chemical explosions
(Morozov et al., undated IRIS communication, see refer-
ences); analysis of its data has already generated new ideas
about wave propagation in lower crust and upper mantle
(see below).

Analysis/Modeling of WARR data typically starts by
picking travel-times of the phases (first and later arrivals)
that are interesting, the choice being decided by the data
quality and the geological aim. Usually, some prominent
(mid) crustal reflected/refracted arrivals are identified
and picked, along with arrivals from Moho, and possibly
deeper ones. Methods of deriving crustal models from this
data include ray-tracing (Zelt and Smith, 1992), tomogra-
phy (Hole, 1992), computation of synthetics, etc. (see
also Traveltime Tomography Using Controlled-Source
Seismic Data). Frequently, a preliminary velocity model
is iteratively fine-tuned to obtain a desired level of fit to
the observed travel-times. There are several schemes for
ray-tracing, see Seismic, Ray Theory and Zelt (1995) for
overviews. Recently, amplitude information has also been
incorporated in such schemes.

Maguire et al. (2006) contains examples of the different
aspects of the procedure in the context of the EAGLE
experiment (Figure 6). Different modeling/inversion
schemes result, of course, in different models, even with
the same input data. The DOBREfraction’99 Working
Group (2003) provides an example of this, along with dis-
cussion of likely causes.

Analyzing amplitude of DSRRP signals was identified
early on as a crucial step, to differentiate between compet-
ing models of the crust. Improvements in the data quality,
and careful processing, allow attempts to quantify the
material properties that influence the strength of the
recorded deep seismic signals. Properties that are of pri-
mary interest include: reflection coefficients (RC) across
various crustal boundaries, their variation with the angle
of incidence (AVO), and the Q(uality) factor along
the path (see Seismic Data Acquisition and Processing
for definitions). These properties are especially important
while considering the probable cause(s) of the bright
spots, e.g., fluids, intrusions, layering, etc.

Warner (1990) reported RC values of about 0.1 for
lower crustal layers and about 0.15 for Moho – both
derived from the WAM profile (Peddy et al., 1989). The
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polarity (sign) of RC is important in differentiating
between likely causes of bright spots sometimes seen in
DSRRP images. However, even using polarity-preserving
processing, it is often only possible to determine rela-
tive values of RC. ANCORP working group (2003)
discusses the issues involved for a couple of strong reflec-
tors –Nazca andQBBS –while reporting RC> 0.2 for the
latter. Combining NMRS and WARR data, Makovsky
and Klemperer (1999) report RC values between �0.3
and �0.4 for the NBS bright spot in the Tibetan middle
crust.

Obtaining estimates of Q along the travel path of
NMRS signals (relatively high-frequency body waves) is
also difficult – the effects due to scattering, conversion,



SP21

0

0 50 100 150 200
Distance (km)

250 300 350 400

10

20

30

D
ep

th
 (

km
)

40

50

60

Line 2
SP22 SP23 SP24 SP25 SP26 SP27 SP28

0

SP21 SP22

5.90 6.29 6.01

6.32

6.75

7.00 7.20

7.10

6.70

6.40
5.0

3.2
5.1

6.50 6.40

6.70

7.00

7.50

6.71

7.50

6.60
6.426.11

6.20

3.0
5.0

u.c.

l.c.

M

L

SP23 SP24 SP15/25 SP26 SP27 SP28

2 3 4 5 6
Vp (km/s)

7 8 9
NESW

Distance (km)Line 2

10

20

30

40

50

60

0 50 100 150 200 250 300 350 400

Deep Seismic Reflection and Refraction Profiling, Figure 6 Velocity modeling by ray-tracing for the EAGLE project (in the Ethiopian
rift). Note the variable coverage of the ray-tracing (above), and the smooth result, with a few long segments, in the final P-wave
velocity model (below) – both these characteristics are typical for WARR data analysis. For details, see Maguire et al. (2006)
(Courtesy Geol. Soc. London, with permission from the author).

112 DEEP SEISMIC REFLECTION AND REFRACTION PROFILING
etc. (apparent-Q), cannot be readily separated from the
intrinsic attenuation (see also Seismic, Viscoelastic Atten-
uation). Combining the two, Hobbs (1990) obtained
a value of 500� 200 for effective-Q for the lower crust
below the WAM profile. Morozov et al. (1998) used the
data from the QUARTZ profile mentioned above to obtain
a 2-D Q-model for the upper mantle below this PNE-
profile down to a depth of 500 km.
Research problems
The massive amount of DSRRP data collected during the
past half century has not only produced many new
insights, but has also brought up some (yet unsolved)
problems.

Origin of crustal reflectivity, clearly visible in DSRRP
images of mature continental crust, especially at greater
depths, cannot be explained uniquely. Surface exposures
of basement rocks mostly show steep dips; these could
explain relatively transparent zones in reflection images
at shallow depths. Starting at intermediate depths though,
the images reveal sub-horizontal layering including
strongly reflective zones. Smithson and Brown (1977,
Figure 5) had already proposed a complex crustal model
with a threefold subdivision based on geo-scientific data.
DSRRP has since provided frequent evidence for both
low- and high-angle intra-crustal deformation, sometimes
even affecting Moho and upper mantle. The processes and
the materials needed to explain these fully, remains
a challenge; some of the possibilities will be briefly
discussed below.

Shallow exposed structures, that are steep due to the
earth’s surface being stress-free, are expected to become
sub-horizontal with increasing depth, and thus seismically
imageable. Shear-zones, decollements, imbrications, lam-
inae, metamorphism (facies changes, mylonitization), sill-
like intrusions, and fluids (water, brine, melt, magma)
have all been proposed as potential causes for crustal
reflectivity, including that of Moho. Both the Kola
(Smythe et al., 1994) and the KTB (Emmermann and
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Lauterjung, 1997) super-deep drill holes have identified
such conditions/structures at depth. Extrapolations from
the drill-sites would point to the presence of crustal fluids
in quantities more than that earlier expected, both in bound
and free form; they undoubtedly play a major role in the
tectono-thermal processes at depth (see Meissner et al.
(2006) and the articles “Earth’s Structure, Continental
Crust” and “Crustal Reflectivity (Oceanic) and Magma
Chamber” for further details).

Bright spots – zones of very strong reflectivity – pre-
sent a particular challenge in this regard. Figure 7 is an
interesting example of two reflective zones, probably with
different, but related, origins. Nowadays, better data qual-
ity and amplitude-preserving processing often allow
ruling out some causes, but may not always lead to posi-
tive conclusions. Pratt et al. (1993) investigated the
Surrency bright spot (Georgia, USA), first assumed to be
fluid related due to its flat nature, and concluded an
(ultra)mafic body instead. Analyzing the Tibetan bright
spots, Makovsky and Klemperer (1999) inferred 10%
(volume) of free aqueous fluids as the cause.

Origin and nature of (continental) Moho is also not
well understood, probably because this boundary – geo-
physically defined as a first-order transition of P-wave
velocity from� 6.8 to� 8.2 km/s – does not always have
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the same evolutionary history. However, DSRRP has
replaced the earlier model for (seismological) Moho,
consisting of long refraction segments –more-or-less flat,
by a (seismic) boundary with a complex and variable
structure. At places, it seems to be the equilibrium surface
established under the deviatoric stress-regime after
a tectono-thermal event involving the lower crust and the
upper mantle. At others, it seems to be underplated, or,
overlain by sill-like intrusions, from a later magmatic epi-
sode. Elsewhere, Moho is only identifiable as the terminal
zone of the diffused lower-crustal reflectivity. At many
places, it exhibits enough strength though, to retain its
deformation through later tectonic events; examples
include frozen subduction (Figure 3) and offset Moho
(Figure 4).

Role of (multiple) scattering in lower crust has attracted
attention lately – both to explain observations and to
relate to geological evidence. Surface outcrops of Moho
(read: lower crustal and upper mantle) rocks are extremely
rare in the continental setting, e.g., Kapuskasing Uplift
(eastern Canada), Musgrave Range (central Australia),
and Ivrea-Verbano Zone, IVZ (Northern Italy). While the
first two have been studied by DSRRP (LITHOPROBE
transect KSZ and Central Australian Basin transect
respectively), IVZ – although sans seismics – has
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dots show seismicity in this area of active subduction.
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been extensively studied in the past by geologists,
e.g., Zingg (1990) and geophysicists, e.g., Berckhemer
(1969).

Recently, statistical analysis of detailed geological
maps of several exposed (lower) crustal rocks have
yielded the tantalizing possibility of a self-similar (fractal)
description of their shapes in terms of typical horizontal
and vertical scale-lengths. For the IVZ, a 2-D von Karman
distribution of the structure with bimodal petrology has
been derived (Holliger and Levander, 1992). This raises
important questions about the nature of the wave-field
recorded in DSRRP experiments, and the techniques used
to analyze/interpret the data. Holliger et al. (1993) com-
puted synthetics for such a simulation of IVZ, and were
able to qualitatively reproduce lower-crustal reflectivity
observed in NMRS. At large distances (WARR configura-
tion), the synthetics from the random-medium contained
laterally correlatable events, which could be erroneously
used for velocity analysis, migration, etc., a possibility
already suggested earlier (e.g., Levander and Gibson,
1991; Emmerich et al., 1993), see also the wide-angle
squeeze in Figure 1 between the refracted and reflected
arrivals.

Another explanation offered for increased reflectivity
in the lower crust, including transition zones, is lamellar
structures with associated wave-propagation effects
(amplitude, anisotropy); see Meissner et al. (2006) and
“Seismic Anisotropy”.

Both these possibilities, random heterogeneity and lam-
ination, bring up the role of multiple scattering in the
DSRRP wave-field and question the propriety of using
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Nielsen and Thybo (2006). Early Rise used chemical explosives, the o
BABEL and MONA LISA respectively (Courtesy Tectonophysics).
conventional tools from basin exploration for processing
such data. Douma and Roy Chowdhury (2001) used syn-
thetics to show that multiple scattering has a limited effect
for a 1-D bimodal model of IVZ, but also mentioned the
need for 2-D full-wave numerical simulations.

In the upper mantle too, multiple scattering seems to
play an important role. Menke and Chen (1984) had
invoked this to explain long-range propagation of Pn-
phase from earthquakes. More recently, DSRRP data from
PNE profiles, e.g., QUARTZ, has shown surprisingly
strong propagation of high-frequency (5 Hz.) Pn-phase
to distances of 3,000 km!

Estimating descriptive parameters of a possibly ran-
dom medium in lower crust and upper mantle remains an
active field of research, with two different approaches –
modeling and direct estimation. To explain the long-
distance Pn-phase in the QUARTZ data, Ryberg et al.
(1995) modeled an upper-mantle zone of horizontally
stretched, randomly distributed velocity anisotropy.
Nielsen and Thybo (2006) modeled a larger dataset
(Figure 8), and inferred random heterogeneity for both
lower crust and upper mantle.

Following some earlier work (Hurich, 1996;
Pullammanappallil et al., 1997; Hurich, 2003; Carpentier
and Roy Chowdhury, 2007), Carpentier et al. (2010) have
recently analyzed the data from Line 48 of the
LITHOPROBE transect AG statistically. Assuming
a 2-D von Karman medium, they estimated the horizontal
scale-length of the medium directly from the seismic
wave-field (Figure 9, below), which also shows their inter-
pretation. The comparison with an earlier line-drawing
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Deep Seismic Reflection and Refraction Profiling, Figure 9 Above: tectonic interpretation of LITHOPROBE line AG-48 (Abitibi-
Grenville, Canada), taken from Calvert et al. (1995); figure courtesy Nature. Below: interpretation by Carpentier et al. (2010) overlain on
their estimation of the horizontal scale-length (ax) of the medium from the seismic data (Courtesy Tectonophysics).
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based interpretation (above) illustrates the similarities and
differences between the two approaches.

Summary
DSRRP has, over half-a-century, produced quality images
of the continental crust and its margins, revealing their
complex structure. These – including some unexpected
results, e.g., frozen subduction – have contributed signifi-
cantly to our ideas about the processes, current and
ancient, involved in their evolution. As the deep struc-
tures, mostly inaccessible, play an important role in the
development of the shallower geology, understanding
these (deep-faults) also helps in the optimal exploration
of economic resources, e.g., hydrocarbons, ore-deposits,
etc., and in the study of natural hazards associated with
volcanism and earthquakes.
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Definition
Differential rotation of the inner core refers to the differ-
ence between the rotation of the Earth’s solid inner core
and the daily rotation of the Earth’s crust and the mantle.

Background
Driven by gravity, the Earth differentiated into iron core
and rocky mantle at the early stage of its formation. The
central core is liquid because of high temperature; but at
the center of the Earth, an inner core is formed and gradu-
ally grows as the Earth cools, and the liquid iron freezes
under tremendous pressure (3 million times the atmo-
spheric pressure). The size of the inner core is slightly
smaller than that of the moon. Separated from the solid
mantle by the fluid outer core, the inner core is thus free
to rotate independently under an external torque.

The early idea of inner core rotation came from studies
of the geodynamo, which generated the Earth’s magnetic
field. Gubbins (1981) first suggested that electromagnetic
forces between the electrically conducting inner core
and the magnetic field generated in the fluid outer core
would cause a differential rotation of the inner core. In
a computer simulation of a three-dimensional, self-
consistent geodynamo, Glatzmaier and Roberts (1995)
predicted that the inner core is driven to rotate by electro-
magnetic coupling at a few degrees per year faster than the
mantle and the crust.
Seismological observations
Song and Richards (1996) reported first evidence for dif-
ferential rotation of inner core from seismic observations.
The basic idea of their method is simple. They chose
a fixed monitoring station and compare seismic waves that
travel through the inner core from earthquakes at the same
region but a few years apart. This is like the twinkling of
a star, which is caused by disturbance of the light as it
passes through the atmosphere (an analogy used by
coauthor Paul Richards). The seismic waves used are
short-period (about 1 s) longitudinal waves (P waves) that
have propagated through the fluid core (generically called
PKP waves) (Figure 1). At the distance range of about
146–154�, there are three possible paths, i.e., PKP(DF)
waves that traverse the inner core, PKP(BC) waves that
turn at the bottom of the outer core, and PKP(AB) waves
that turn at the middle of the outer core. The basic data
used in detecting the inner core rotation is the time differ-
ence between the PKP(BC) and PKP(DF) arrivals, abbre-
viated as the BC-DF time. Because these two waves travel
very closely together in the crust andmantle and in most of
the fluid core, the differential time BC-DF is relatively
insensitive to uncertainty in source location and to three-
dimensional heterogeneities of the crust and mantle along
the ray paths. To remove influence of small difference in
earthquake location and epicentral distance, the differen-
tial time residual is formed by subtracting the observed
BC-DF time from the predicted difference for a standard
earth model. In addition, residuals of the differential times
between PKP(AB) and PKP(BC), which pass through the
fluid core only, are used to examine possible systematic
biases in source locations.

Song and Richards found that BC-DF residuals along
certain paths have changed systematically with time over
a few decades. In particular, the seismic waves that ema-
nate from earthquakes in South Sandwich Islands in the
South Atlantic travel through the inner core and reach
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Differential Rotation of the Earth’s Inner Core, Figure 1 Ray paths of PKP waves and example of waveform doublet used to
detect temporal change of travel times through the inner core. (a) Ray paths of three branches of PKP waves turning in the solid
inner core (DF), the bottom of the fluid outer core (BC), and the mid-outer core (AB). (b) Highly similar waveforms recorded at one
station in Alaska from awaveform doublet from South Sandwich Islands. The two events are 10 years apart, one in 1993 and the other
in 2003. (c) Superimposed and enlarged PKP waveforms from the box in (b). The waves through the outer core (BC and AB) are
aligned, but the wave through the inner core (DF) shows a small time shift (about 0.1 s). (From Zhang et al., 2005).
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College, Alaska seismic station. They have sped up sys-
tematically by about 0.3 s over 28 year-year time interval
from 1967–1995. They interpreted the temporal change as
evidence of an inner core rotation.

The estimate of the rotation rate depends on the under-
lying aspherical structure of the inner core that results the
temporal change from a rotation. The inner core is known
to be very anisotropic (i.e., seismic waves traveling
through the inner core along different directions have
different speeds) (Morelli et al., 1986; Woodhouse et al.,
1986; see also review by Song, 1997; Tromp, 2001). The
anisotropy is roughly axis-symmetric with the P-wave
speed faster by some 3% along the Earth’s rotation axis
than along the equatorial plane. However, the anisotropy
changes significantly laterally and with depth. The
observed temporal change in BC-DF residuals was first
interpreted as a change of the orientation of the fast
axis of the inner core anisotropy, which yielded a rate of
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1.1� per year (Song and Richards, 1996), but it was later
and preferably interpreted as a shift of lateral velocity gra-
dient in the inner core caused by the inner core rotation
(Creager, 1997; Song, 2000), which yielded a rate ranging
from 0.2–0.3 to 0.3–1.1� per year.

Subsequent studies provided further support and
most estimates of the rotation rate are a few tenths of
a degree per year faster than the rotation of the Earth (a
super-rotation) (see reviews by Tromp, 2001; Song,
2003; and Souriau et al., 2003). The methods used include
BC-DF times for additional paths (Ovchinnikov et al.,
1998; Song and Li, 2000; Xu and Song, 2003), inner core
scattering waves (Vidale et al., 2000), so-called earth-
quake waveform doublets (Li and Richards, 2003; Zhang
et al., 2005; see below), and normal modes (Laske and
Masters, 2003). However, whether the inner core rotation
is real has also been hotly debated because of potential
biases such as earthquake mislocation (e.g., Poupinet
et al., 2000), failure to detect the motion (Souriau, 1998),
and discrepancy in the inferred rotation rate (e.g., Creager,
1997; Vidale et al., 2000; Laske and Masters, 2003).

The most important source of errors is systematic event
mislocation. Because global stations used to locate the
earthquakes are not exactly the same in different years,
the temporal variation could potentially be an artifact of
the changes of the station distributions (Poupinet et al.,
2000; Souriau et al., 2003). To resolve the debate, the
two sides (Dr. Poupinet and the author) worked directly
in 2004–2007. A thorough presentation of the collabora-
tive work was published (Sun et al., 2006). The basic con-
clusion is that earthquake mislocation is too small to
explain the observed time shifts in the data, and that inner
core rotation is still the best explanation.

Perhaps the strongest support comes from studies of
earthquake waveform doublets (Zhang et al., 2005).
A waveform doublet is a pair of earthquakes occurring at
different times but at essentially the same spatial position,
as evidenced by their highly similar waveforms at each
station recording both events (Poupinet et al., 1984).
Zhang et al. (2005) observed that the waves that traveled
through the area outside the inner core, in the crust, the
mantle, and the outer core are all the same. Only when
they travel through the inner core at different times are
they different (Figure 1). The changes are two folds: first,
and most prominently, the PKP(DF) waves (passing
through the inner core) move faster in a systematic pattern
over time, by about one tenth of a second per decade;
second, the PKP(DF) waves themselves change in shape
over time, an independent signature for motion of the
inner core. The fact that the wave shapes are similar when
they emanate from the source region allows them to mea-
sure precisely the small time shifts and to pin down pre-
cisely where the changes took place. The temporal
change of BC-DF differential times for the South Sand-
wich Islands to College, Alaska path is constrained to be
0.0092 s/year with standard deviation of 0.0004 s/year.
The best estimate of the rotation rate is 0.3–0.5� per year
faster than the Earth’s mantle. Subsequent studies of
earthquake doublets suggest that the waves bouncing off
the inner core boundary also shows temporal variation
(Wen, 2006; Cao et al., 2007; Song and Dai, 2008).

Concluding remarks
The discovery of the inner core super-rotation has
attracted attention of the academia and popular media. It
has implications for understanding the geodynamo and
angular momentum transfer in the interior of the Earth
(Buffett and Glatzmaier, 2000). The origin of the Earth’s
magnetic field has been regarded as one of the great
unsolved problems in modern physics. The observation
of the inner core rotation provides a unique observational
constraint on the geodynamo at the center of the earth.

The existence of the differential rotation of the inner
core has now generally, although not universally, been
accepted. However, major questions remain. What is the
acceptable range of the rotation rate? Is the inner core rota-
tion variable? Does the rotation change direction? Does
the inner core oscillate within a certain range? The inner
core possesses large hemispheric scale variations (Tanaka
and Hamaguchi, 1997; Niu and Wen, 2001). This is diffi-
cult to reconcile with an inner core of a constant rotation,
which may be expected to average out the lateral varying
structure of the inner core over geological time as the inner
core grows from the crystallization of liquid iron. If the
rotation is variable or oscillating, what is the time scale?
What is the driving force? How does it relate to the
geodynamo processes? Recently, Lindner et al. (2010)
proposed a nonparametric modeling method, which is able
to separate mantle structure, inner core structure, and inner
core motion. The study suggests an average rate of inner-
core rotation of about 0.39� per year and that the rotation
has accelerated from about 0.24� to about 0.56� per year
within the last 55 years. The speed of the differential rota-
tion, averaging about 10 km per year at the inner core
equator, is by 50,000 times the fastest motion of the tec-
tonic plates (20 cm per year) at the Earth’s surface. The
minimum torque acting on the inner core is estimated
1.19� 1016 Nm, which could easily result from the imbal-
ance of much larger electromagnetic and gravitational
torques. With the continuing accumulation of high quality
seismic data, I believe we’ll reach a new understanding on
the inner core motion within next 50 years.
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Definition
Earth. Solid Earth including oceans and atmosphere.
Earth rotation. Temporal variation of the orientation and
the rotation speed of the Earth.

Introduction
The rotation of the Earth or Earth rotation, respectively,
specifies the spatiotemporal change of the Earth rotation
vector. The direction of the Earth rotation vector corre-
sponds to the instantaneous rotation axis of the Earth and
its absolute value equals the rotation speed. The Earth’s
rotation is not uniform and is given in terms of Earth ori-
entation parameters (EOP): precession and nutation are
long-term and periodic changes of the direction of the
Earth rotation vector with respect to a space-fixed refer-
ence system. Polar motion is the variation of the direction
of the Earth rotation vector with respect to an Earth-fixed
reference system (qv Geodesy, Networks and Reference
Systems). Changes in the Earth rotation speed are
expressed as deviations of Universal Time 1 (UT1) from
the uniform atomic time (Universal Time Coordinated,
UTC) dUT1 =UT1–UTC or as variations in the length of
day (LOD). The subgroup of polar motion and dUT1 or
LOD is called Earth rotation parameters (ERP). Funda-
mental information on Earth rotation theory and observa-
tion and about the relations of Earth rotation variations
with geophysical processes is given in the seminal works
of Munk and MacDonald (1960), Lambeck (1980), and
Moritz and Mueller (1987).
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
While the existence of precession was already known
to the Greek astronomer Hipparch in the second century
before Christ, nutation was not discovered before the
eighteenth century by James Bradley. Observations of
polar motion were taken for the first time by the Bonn
astronomer Friedrich Küstner at the end of the nineteenth
century by measuring latitude variations. From the
seventies of the twentieth century onward, space geodetic
techniques like Very Long Baseline Interferometry (VLBI)
(qv Very Long Baseline Interferometry (VLBI)), Satellite
Laser Ranging (SLR) (qv Satellite Laser Ranging), Lunar
Laser Ranging (LLR), Doppler Orbitography and
Radiopositioning Integrated by Satellite (DORIS), and
the Global Navigation Satellite Systems (GNSS) like the
Global Positioning System (GPS) (qv GPS, Data Acquisi-
tion and Analysis) have been employed in addition to
astronomical methods. Approximately since the year
2000, the latter are no longer routinely applied. Nowa-
days, the achievable accuracies of the measurements are
better than 2� 10�4 arcsec or less than 0.6 cm, if projected
to the Earth surface. EOP can be determined from space
geodetic observations within the respective parameter
estimation process. The transformation between Earth-
fixed and space-fixed system and thus the EOP are thereby
components of the technique’s observation equation and
can be solved for as unknowns. The most precise tech-
nique to observe polar motion is GNSS, whereas nutation
and dUT1 can be measured directly only by VLBI. Due
to the correlation of nutation and dUT1 with the orbital
elements of the satellites, satellite techniques are only
sensitive to the time derivation of those parameters i.e.,
nutation rates and LOD. Promising new devices for
the observation of high frequency variations of the instan-
taneous Earth rotation vector are large ring laser gyro-
scopes. These instruments can access absolute rotation
by measuring the beat frequency of two laser beams rotat-
ing in opposite direction, the Sagnac frequency (Schreiber
90-481-8702-7,
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et al., 2004). Information about the long-term behavior of
the EOP is obtained from historical records of lunar and
solar eclipses and from the analysis of sedimentary depo-
sition. Evidence for a secular increase in LOD can be
found for instance in paleontological studies of coral
growth rate.

The observed EOP show a wide spectrum of variations.
Its interpretation allows for drawing valuable conclusions
about the structure of the Earth and the dynamical features
of the Earth’s interior, the atmosphere, hydrosphere, and
cryosphere. Even anthropogenic influences on Earth rota-
tion such as the impact of mass transfer due to an increased
CO2 emission are subject of scientific investigations
(de Viron et al., 2002).

Medium and long-period as well as long-term mass
displacements affect Earth rotation (cf. e.g., Gross
(2007) or Seitz and Schuh (2010) for a comprehensive
compilation and further references). According to the con-
servation of total angular momentum of the Earth in short
terms, the rotation of the solid Earth undergoes variations,
which are mirror image to changes in atmosphere and
oceans. Any mass variation in one or more components
of the system Earth which changes the Earth inertia tensor
leads to a corresponding variation in the Earth rotation.
One can also think of a mass movement which does not
change the inertia tensor, because once a mass element
moved away it is replaced by another, like in a circular
ocean current. Such a mass transport causes a motion rel-
ative to the considered reference frame which affects Earth
rotation as well. In which way changes of the inertia tensor
and relative motions can be related to variations in Earth
rotation is shown in the successive section.

Mathematical formulation of Earth rotation
The dynamical equation of motion of a rotating body with
respect to a space-fixed system is given by

L ¼ dH
dt

(1)

relating the torque L acting on the body to the temporal
change of its angular momentum H . This is the basic rela-
tion for the development of (Newtonian) precession/nuta-
tion theories, since it describes the motion of the rotating
body in a space-fixed reference system. To characterize
polar motion and changes of the rotation rate of
a rotating body, Equation 1 has to be referred to body-
fixed axes, rotating with the angular velocity o:

L ¼ dH
dt

þv�H (2)

This is one form of Euler’s dynamical equations for

rigid body rotation referred to a body-fixed coordinate
system. The angular momentum H can be expressed as
the product of the tensor of inertia I and the angular veloc-
ity vector o. The inertia tensor is a symmetric matrix
containing the moments of inertia and the products of
inertia of a rotating body and thus characterizing the mass
distribution in the body. Since single particles do not move
with respect to the body-fixed system, this tensor is
invariant in the case of a rigid body. For a nonrigid
(deformable) body, the inertia tensor becomes time vari-
able and the particles can move with respect to the body-
frame, thus allowing for relative motions which introduce
relative angular momentum. The angular momentumH of
a rotating deformable body is then written as

H ¼ Ivþ h (3)

with h denoting relative angular momentum. The first
summand is often referred to as mass or matter term and
the second is called motion term. As the Earth is
a nonrigid body, the equation of rotational motion 2 has
to be extended considering the above stated differences
to the motion of a rigid body, leading to

L ¼ d
dt

Ivþ hð Þ þv� Ivþ hð Þ (4)

These are the Euler–Liouville equations or simply

Liouville equations. The deviations from uniform, rigid
rotation are formulated as follows for the rotation vectorv:

o1 ¼ Om1; o2 ¼ Om2; o3 ¼ O 1þ m3ð Þ (5)

where O is the mean angular velocity of the Earth. The mi
are small dimensionless quantities describing the excur-
sions of the rotation vector from its uniform rotation due
to time-variable changes in the mass distribution of the
Earth system and relative particle motion. Assuming the
body-fixed axes to be principal axes of inertia and
the body to be rotationally symmetric, these mass changes
can be taken into consideration by composing the tensor of
inertia from constant and time-variable parts:

I11 ¼ Aþ DI11 I22 ¼ Aþ DI22 I33 ¼ C þ DI33;

Iij ¼ DIij; i 6¼ j
(6)

where the constant parts are the polar moment of inertia C
and the equatorial moment of inertia A of the undeformed
Earth and the time-variable components are the quantities
DIij. If second-order terms are neglected and the relations 5
and 6 are introduced, the linearized equations of motion
can be rewritten as

m1 � 1
sE

_m2 ¼ c1;

m2 þ 1

sE
_m1 ¼ c2;

m3 ¼ c3 þ const:

(7)

with sE ¼ C�A
A

� �
O being the Euler frequency, which

would be the frequency of the resonance of a rigid Earth,
corresponding to a circular motion of the rotation axis with
a period of approximately 305 days. If the Earth is consid-
ered to be an elastic or at least deformable body the Euler
frequency is replaced by the complex Chandler frequency
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sC ¼ 2p
TC

1þ i
2Q

� �
, with TC � 433 days denoting the

observed period of the Chandler wobble and
Q ¼ 30 . . . 200 being a dimensionless dissipation factor
(see next section for a brief discussion of the Chandler
wobble). The ci are called excitation functions. They con-
tain the changes of the tensor of inertia and the relative
angular momenta:

c1¼
1

O2 C � Að Þ O2DI13þOD_I23þOh1þ _h2 � L2
� �

c2¼
1

O2 C � Að Þ O2DI23 � OD_I13þOh2 � _h1þL1
� �

c3¼
�1

O2C
O2DI33þOh3 � O

Z t

0
L3dt

� 	

(8)

The first two equations of 7 form andm express polar
1 2
motion, while the third equation form3 describes the mag-
nitude of the rotation speed and hence LOD variations.
Provided that all the time-variable parts of the excitation
functions (changes of the inertia tensor DIij, relative angu-
lar momenta hi, and external torques Li) are introduced as
known quantities from models or observations, the Euler–
Liouville equations can be solved foro. Earth rotation var-
iations can be thus calculated or predicted, respectively,
from observed or modeled changes in the components of
the system Earth, such as atmosphere or oceans. In gen-
eral, relative motions (relative angular momenta) contrib-
ute more to LOD variations while the major effect on
polar motion comes from alterations of the inertia tensor.
The excitation functions are in practice mostly replaced
by so-called angular momentum functions, introduced by
Barnes et al. (1983). Elaborate explications of the basic
Earth rotation formalism can be found in the fundamental
books mentioned in the introduction.
Definition and observation of Earth orientation
parameters
The elements which are used to perform the transforma-
tion between a space-fixed and an Earth-fixed reference
system are commonly referred to as EOP. The realizations
of such reference systems by assigning coordinates to
selected celestial objects or terrestrial sites, respectively,
are called reference frames. The definition and mainte-
nance of the reference frames is one major task of the
International Earth Rotation and Reference Systems
Service (IERS). Conventional reference frames are the
space-fixed International Celestial Reference Frame
(ICRF) and the Earth-fixed International Terrestrial
Reference Frame (ITRF). The current version of the ICRF
is its second realization, the ICRF2 (Fey et al., 2009). The
ITRF2008 has been adopted as the official terrestrial refer-
ence frame, following ITRF2005 (Altamimi et al., 2007).
The definition of the EOP actually depends on the kind
of the applied transformation method. The IERS
recommends the transformation according to the IAU
(International Astronomical Union) 2000 Resolutions
(McCarthy and Petit, 2004). The transformation proce-
dure is defined from the Geocentric Celestial Reference
System (GCRS) to the International Terrestrial Reference
System (ITRS) or vice versa. The ICRS is not a geocentric
system – its origin is located in the barycenter of the solar
system. To transfer from a barycentric system to
a geocentric system, effects, which are not directly related
to Earth rotation, like aberration and parallaxes have to be
taken into account. The orientation of the ICRS however
corresponds to the orientation of the GCRS. The transition
from the GCRS to the ITRS is described as a sequence of
time-dependent rotation matrices:

ITRS½ � ¼W ðtÞ � RðtÞ � QðtÞ � GCRS½ � (9)

W(t) (with “W” for wobble) designates the polar motion
matrix. It contains the coordinates xp and yp of the refer-
ence pole CIP (Celestial Intermediate Pole) in the Earth-
fixed system and the angle s0, which provides the position
of the TIO (Terrestrial Intermediate Origin) on the equa-
tor of the CIP. The TIO and theCelestial Intermediate Ori-
gin (CIO) realize an instantaneous prime meridian in the
respective system. These terms are part of the transforma-
tion concept using theNon-Rotating Origin (NRO), which
replaced the older transformation scheme with ecliptic
(plane of the Earth orbit) and equator (McCarthy and Petit,
2004). The rotation between TIO and CIO is performed
with R(t) using a quantity named Earth Rotation Angle
(ERA). The ERA is directly related to UT1, which is rele-
vant for Earth rotation research. Precession and nutation
are represented by the matrix Q(t). It comprises rotations
around the angles X and Y, the coordinates of the CIP in
the celestial system and around the angle s, which locates
the CIO on the equator of the CIP. In case of using the
transformation according to IAU 2000 resolutions, the
five quantities {xp, yp, dUT1, X, Y} therefore represent
the EOP. If the older transformation concept based on
ecliptic and equator is applied, X and Y are replaced by
De and Dc, nutation in obliquity and longitude. The
before cited Celestial Intermediate Pole is the reference
pole measurements of space geodetic techniques are
related to. The CIP thus defines the observed axis. This
is a pure convention, which is realized by an accordingly
adapted precession-nutation theory. The direction towards
the CIP does not correspond to any physically defined
axis, like the rotation axis, the figure axis, or the angular
momentum axis; nevertheless, it is possible to mathemat-
ically connect it to each of those axes. Casually, it is often
said that Earth rotation observations represent the motion
of the Earth rotation axis. Regarding the measurements
of space geodetic techniques, this is actually not entirely
correct, since they are not sensitive to the instantaneous
Earth rotation vector but to the complete rotation matrix
only. The CIP defines an intermediate pole, separating
the motion of the pole of the ITRS in the GCRS into
a celestial part and a terrestrial part. The celestial part
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(precession and nutation, {X, Y}) comprises all motions
with periods greater than 2 days, as seen from space. This
is equivalent to frequencies between�0.5 and +0.5 cycles
per sidereal day (cpsd). With the minus sign labeling retro-
grade motions (opposite to the sense of Earth rotation) and
the plus sign labeling prograde motions (in the sense of
Earth rotation), all motions outside of the retrograde diur-
nal band in the Earth-fixed system, i.e., frequencies below
�1.5 and above �0.5 cpsd, are allocated to the terrestrial
part (polar motion, {xp, yp}).

The celestial motions, precession and nutation, are
long-term and periodic changes of the direction of the
Earth rotation axis or actually of the CIP axis, with respect
to a space-fixed reference system, which is realized, for
example, by the positions of extragalactic radio sources
observed by VLBI. Due to precession, the Earth axis
moves with respect to the space-fixed system on a cone
with an aperture of 23.5�, which corresponds to the angle
between the Earth equator plane and the ecliptic. The rev-
olution period amounts to approximately 25,800 years.
This time interval is also called Platonic year. The tidal
forces of moon and sun are responsible for this steady
motion. Since the Earth is not a sphere, but can be charac-
terized as an oblate spheroid (qv Geodesy, Figure of the
Earth) and its rotation axis is inclined by 23.5� with
respect to the ecliptic normal, the gravitational torques
force the equatorial plane into the ecliptic. Because of its
rotation, the Earth acts like a gyroscope and swerves by
moving on the above-mentioned cone, whose surface
can be calculated very precisely.

The smaller periodic change in the direction of the
Earth rotation axis that is superimposed to precession is
called nutation. This comprises motions of the Earth rota-
tion axis with respect to the space-fixed system with
periods from a few days to 18.6 years, caused by gravita-
tional influences of sun, moon, and the planets of our solar
system. Precession and nutation can be modeled and
predicted precisely using time-dependent harmonic series
expansions. The arguments of the individual harmonic
terms are thereby calculated from combinations of five
fundamental astronomical arguments. The currently most
precise precession-nutation model adopted by IAU
resolutions 2000 and 2006 (IAU Resolutions, 2000; IAU
Resolutions, 2006) is IAU 2006/2000A. In this model
effects of planets, ocean tides, mantle anelasticity, and
electromagnetic coupling mechanisms between core and
mantle as well as between inner and outer core are consid-
ered (Mathews et al., 2002). As for the planets, their direct
effect on Earth as well as the indirect effect of the sun act-
ing on a planet, which also causes subtle nutation terms,
are taken into account. Remaining parts of the axis motion
with respect to the space-fixed system that are not covered
by the precession–nutation model can be measured by
means of VLBI and are provided by the IERS as so-called
Celestial Pole Offsets. These residuals originate from still
deficiently modeled and unpredictable effects, like the
Free Core Nutation (FCN). The FCN is a proper mode
of the Earth, caused by a misalignment of the rotation axes
of mantle and core. Whereas first theoretical estimations
indicated a period of about 460 days for this mode, VLBI
measurements show that the FCN period is more likely to
be around 430 days with highly variable amplitude.

The terrestrial part of the change of the direction of the
Earth axis or rather the CIP axis is designated polar
motion (Figure 1). Polar motion has an order of magnitude
of several meters and is expressed in a two-dimensional
coordinate system by the pole coordinates xp and yp.
According to the definition of the IERS and its precedent
organizations, the x-axis is oriented in the direction of
the Greenwich Meridian and the y-axis is oriented posi-
tively towards 90� west longitude. Already in 1765, the
Swiss mathematician Leonhard Euler calculated
a circular motion of the pole (of an Earth at that time
assumed to be rigid) with a period of around 304 days.
Today, we know that polar motion is mainly composed
from an annual variation and the Chandler oscillation or
Chandler wobble, named after Seth Carlo Chandler who
first detected a period of approximately 14 months when
analyzing polar motion observations at the end of the
nineteenth century. The Chandler wobble is another
proper motion of the Earth with strongly varying ampli-
tude. More precisely, this nearly circular motion is
a damped oscillation, which would have vanished due to
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friction in the Earth interior after a few decades if there
was not a constantly revolving excitation. Although the
Chandler oscillation is known for more than 100 years,
its underlying excitation mechanism is still under investi-
gation. Today, there is broad consensus that the necessary
excitation energy emerges from irregular processes in the
atmosphere-ocean-system (Gross, 2000). A radical
change in the phase of the Chandler wobble around
1925 could also not yet fully be explained. Variations of
the Earth magnetic field are nowadays quoted as potential
causes for the phase variations. The interference of the
Chandler wobble and the annual motion leads to a beat-
like rising and ebbing of the polar motion amplitude to
a maximum of 9 m with a beat period of about 6.3 years.
The polar motion spectrum below 1 year is dominated
by irregular variations appearing in 3- and 5-months inter-
vals. The most important short-period variations are due to
the ocean tides caused by sun and moon with essentially
diurnal and semidiurnal periods, albeit the total effect is
only about 1/100 of the Chandler wobble. Analysis of
long-term polar motion shows a distinct variation of
approximately 11 years. It is usually associated with pro-
cesses in the Earth interior but could also be connected
to a corresponding cycle of the solar activity. In addition
there are other, decadal variations with periods around
30 years and between 70 and 80 years. These are assumed
to be caused by geodynamic couplings between Earth core
andmantle. Secular polar motion, i.e., the long-term linear
trend in the position of the pole, amounts to about 3.3 mas/
year to the direction 76–78� west longitude (e.g., Schuh
et al., 2001). This effect is supposed to be predominantly
due to melting of the polar ice masses and postglacial
rebound.

LOD is used to express the speed of Earth rotation
alternatively to the difference dUT1 between UT1, which
is directly connected to the Earth rotation speed, and
the regular atomic time UTC. The parameter, which is
usually quoted to characterize changes in LOD, is actually
DLOD, the so-called excess LOD which represents the
deviation of the effective LOD from the nominal value
of 86,400 s (Figure 2). Variations of LOD can be assigned
to different period ranges. In the short-period range with
periods from around 1 day and half a day, the strongest
influence emerges from the ocean tides caused by sun
and moon. Hydrodynamic models or altimetry (qv Geoid
Determination, Theory and Principles) provide variations
of ocean heights and velocities of the water masses, from
which global changes of angular momentum of the world
oceans are calculated. These are subsequently used to esti-
mate the oceanic influence on the Earth rotation parame-
ters. In this way high-frequency ERP variations can be
predicted from tide and circulation models and they can
already be observed by the high-precision space geodetic
techniques mentioned above. In the range of a few weeks
to months, periods of �14 and �28 days, due to solid
Earth tides (qv Earth Tides), are dominant. In addition,
there are other strong variations between 40 and 90 days
basically excited by zonal winds. Seasonal variations due
to changes in the angular momentum of the atmosphere
show semiannual and annual periods. The variation of
LOD with a period of approximately 1 year is predomi-
nantly due to annually changing wind patterns.
A definite amplification of the annual variation every
4–6 years is associated with large-scale climate signals
related to the El Niño phenomenon by which an ocean cir-
culation with a very characteristic pattern in the Southern
Pacific is connected to variations of the meteorological
parameters. Decadal fluctuations of LOD are attributed
to angular momentum changes in the fluid core, which
are transferred to the mantle via mechanic or
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electromagnetic coupling. Because of tidal friction and
long-term mass variations, a secular prolongation of the
day by about 1.8 ms in 100 years is observed as well (Mor-
rison and Stephenson, 2001). This is, of course, an average
long-term trend deduced from eclipse data over the last
2,500 years. Besides the secular trend, there is also evi-
dence of fluctuations of LOD on a timescale of centuries
with an amplitude of around 4 ms.
IERS International Earth Rotation and Reference
Systems Service
The IERS is an international service for the determination
of EOP and their dissemination to interested users. The
definition and realization of reference systems for geodesy
and astronomy can be regarded as its superior task.
According to the terms of reference (Dick and Richter,
2009), the primary objectives of the IERS are to serve
the astronomical, geodetic, and geophysical communities
by providing the following:

� The International Celestial Reference System (ICRS)
and its realization, the International Celestial Reference
Frame (ICRF).

� The International Terrestrial Reference System (ITRS)
and its realization, the International Terrestrial Refer-
ence Frame (ITRF).

� EOP required to study Earth orientation variations and
to transform between the ICRF and the ITRF.

� Geophysical data to interpret time/space variations in
the ICRF, ITRF, or EOP, and to model such variations.

� Standards, constants, and models (i.e., conventions)
encouraging international adherence.

In addition, the IERS collects, archives, and distributes
several products such as reference frames, monthly Earth
orientation data, daily rapid service estimates of near
real-time Earth orientation data and their predictions.
The IERS also announces the differences between
astronomical and civil time for time distribution by radio
stations and leap seconds which – if necessary to keep
the differences dUT1 smaller than 0.9 s – are added at
midnight of July 31st or December 31st. Further products
are related to global geophysical fluids such as mass and
angular momentum distribution, annual reports, and tech-
nical notes on conventions and other topics, and long-term
Earth orientation information. The IERS began operation
on 1st of January 1988 as common institution of the IAU
and the International Union of Geodesy and Geophysics
(IUGG) and replaced thereby the former International
Polar Motion Service (IPMS) and the Earth rotation sec-
tion of the Bureau International de l’Heure (BIH). The
service consists among other parts of a Central Bureau,
technique centers of the single-space geodetic techniques
and several product centers, for example, for the collection
of data about geophysical influences on Earth rotation
(Global Geophysical Fluids Centre, GGFC). These are
atmospheric and oceanic variations, hydrodynamical
effects like groundwater variations and processes in the
Earth interior which lead to changes in the rotational
behavior of the Earth. The Central Bureau is located at
the BKG (Bundesamt für Kartographie und Geodäsie)
in Frankfurt am Main, Germany. Apart from regular pub-
lication of EOP, the IERS also issues guidelines (IERS
Conventions, McCarthy and Petit (2004)), which contain
models and standards recommended for the data
processing of space geodetic techniques.

Summary
Earth rotation is conventionally described by the EOP,
which represent the link between a space-fixed (celestial)
and an Earth-fixed (terrestrial) coordinate system. Those
EOP expressing the temporal variations of the orientation
of the Earth correspond to nutation/precession (changes of
the direction of Earth rotation axis with respect to a space-
fixed reference frame) and polar motion (wobbling of
the Earth with respect to its axis). Small variations of the
speed of Earth rotation are expressed by UT1 minus the
uniform atomic time (UTC) or as variations in the LOD.
A precise knowledge of the Earth’s attitude is needed for
all positioning and navigation tasks on Earth and in space.
It also gives fundamental information about the interac-
tions between the various geophysical components of sys-
tem Earth and allows deriving conclusions about
phenomena of celestial mechanics. The EOP are nowa-
days monitored by space geodetic techniques and assem-
bled and published by the IERS.
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Earth Tides, Figure 1 All three panels show the earth as seen
from above the north pole. The earth’s diurnal rotation is
represented by W. The arrows in (a) illustrate the magnitude and
direction of the gravitational acceleration toward the moon.
EARTH TIDES
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Department of Physics and Cooperative Institute for
Research in Environmental Sciences, University of
Colorado, Boulder, CO, USA

Definition
The earth tide is the deformation of the solid earth caused
by the gravitational attraction of the Sun and moon. The
most striking gravitational effects of the Sun and moon
are the orbital motion of the earth’s center of mass. The
moon causes the earth to orbit the earth–moon center of
mass, and the Sun causes that center of mass to orbit the
Sun.
The differences in the lengths and directions of the arrows are
greatly exaggerated. The lunar tidal acceleration is defined by
subtracting the acceleration vector at the earth’s center of mass
from the other acceleration vectors. The resulting vectors are
shown in (b). The tidal force (the local density times the
acceleration) deforms the earth into the elliptical shape shown
greatly exaggerated in (c). Points A and B are used in the text to
illustrate tidal strain and tilt.
The Tidal Force
But the Sun and moon also cause points within the earth to
be displaced relative to each other: they cause the earth to
deform. For example, the side of the earth nearest the
moon is attracted toward the moon more than is the center
of the earth. And the side farthest from the moon is
attracted less than the center of the earth. Consequently,
both the far and near sides of the earth are pulled radially
outward away from the center. The regions of the earth
that are at right angles to the earth–moon vector are pulled
radially inward.

This deformation pattern is illustrated in Figure 1. The
total gravitational acceleration vectors due to the moon
are shown in Figure 1a. The vectors all point toward the
moon, but are of unequal length and direction, although
the differences are greatly exaggerated in the figure. The
orbital acceleration is, to a high degree of accuracy, equal
to the acceleration vector at the earth’s center of mass.
Subtracting that vector from the other vectors in Figure 1a
results in the pattern of vectors shown in Figure 1b. These
residual vectors represent that portion of the lunar gravita-
tional force tending to deform the earth. The residual
acceleration field multiplied by the local material density
is defined as the lunar tidal force, and the deformation it
induces is called the lunar tide.
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Note from Figure 1b that because of the earth’s diurnal
rotation the tidal force at a fixed point in the earth varies
through two complete cycles in 1 day; a fixed point rotates
through one outward bulge, then through an inward bulge,
and then into the other outward bulge, all within a half
a rotation period (i.e., within 12 h). This semidiurnal time
dependence is split into many periodic terms with frequen-
cies closely spaced about 2 cycles/day, due to the time var-
iability of the orbital motion of the moon. Furthermore,
because the moon is not always in the plane of the earth’s
equator, there is also significant variability at frequencies
closely spaced about 1 cycle/day (imagine, e.g., that the
earth–moon vector is inclined at 45� to the earth’s rotation
axis) and about 0 cycles/day (imagine that the moon is
directly above the north pole). The solar tidal force and
the solar tide are defined in a similar manner, and can also
be decomposed into semidiurnal, diurnal, and long period
terms.

For a quantitative description, it is useful to work with
the tidal potential, denoted here as VT and defined so that
its gradient is the tidal force per unit mass. Define
a nonrotating coordinate system with origin at the center
of the earth. The total lunar gravitational potential at the
point r inside the earth is (assuming the moon to be
a point mass)

V ¼ GM
r� Rj j (1)

where M is the mass of the moon, G is Newton’s gravita-
tional constant, and R is the position vector of the moon.
Let r, y, f be the radial distance, colatitude, and eastward
longitude of the earth-fixed point, r, so that f+Ot (where
O = 1 cycle/day is the earth’s angular velocity of rotation)
is the azimuthal angle of r in nonrotating, inertial space.
The factor 1= r� Rj j can be expanded as a sum of com-
plex spherical harmonics, Ym

n y;fð Þ, so that

V ¼ Re
GM
R
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where Re denotes the real part (included in Equation 2 so
that the sum over m includes only m 	 0), R is the radial
coordinate of the moon, and dmn are coefficients that
depend on the angular position of the moon relative to
nonrotating inertial space. The coordinate R and the
moon’s angular position depend on time, due to the
moon’s orbital motion.

The n = 0 term in Equation 2 is a spatial constant and so
is physically meaningless. It can be ignored.

The n = 1 term represents a spatially constant force,
equal to the lunar force at the earth’s center of mass. Con-
sequently, the n=1 term is removed from Equation 2 when
defining the tidal potential VT.

Since r 
 a where a is the earth’s radius, and since a/R
� 1/60 for the moon (and is much smaller for the Sun), the
factor (r/R)n in Equation 2 causes the contributions to
Equation 2 to fall off rapidly with increasing n. For most
purposes it is sufficient to keep only the n = 2 terms in
VT, so that VT has the approximate form

VT ¼ Re
r
a

h iX2
m¼0

cm2 Y
m
2 y;fð ÞeimOt

" #
(3)

where cm
2
ð¼ GM=R a=rð Þ2dm2 Þ are complex, time-varying

coefficients that depend on the orbital coordinates of the
moon.

The dominant time dependence in Equation 3 comes
from the eimOt term. This term results in semidiurnal, diur-
nal, or long period tides, depending on whether m is 2, 1,
or 0, respectively. The time-dependent cm2 in Equation 3
split the eimOi time dependence into terms with frequencies
closely spaced about mO.
The Earth’s Response
The tidal force causes ocean tides as well as earth tides.
The observed ocean tide is actually the difference between
the response of the ocean and the response of the solid
earth. Ocean tides are complicated and difficult to model,
for a number of reasons that need not concern us here.
Open ocean tides are typically less than 1 m in height,
although ocean tides at some coastal locations can be as
large as several meters peak-to-peak.

Earth tides are much easier to understand and model.
The tidal force shown in Figure 1b tends to deform the
solid earth into the elliptical shape shown greatly exagger-
ated in Figure 1c. Tidal displacements of the solid earth are
typically several tens of centimeters. But, unlike ocean
tides, earth tides cannot be observed without sensitive
instruments. The reason is that earth tides cause both the
ground and the observer to be displaced by the same
amount.

One way to detect earth tides is to use a gravimeter.
There are three contributions to the observed tidal varia-
tion in the gravitational acceleration: (1) the direct attrac-
tion of the Sun and moon, (2) the change in the earth’s
gravity field due to tidal deformation within the earth,
and (3) the change in the gravitational acceleration at the
gravimeter caused by the radial tidal displacement of the
earth’s surface beneath the gravimeter (if the surface
moves outward, gravity decreases, and vice versa). All
three contributions are roughly of the same order.

The total tidal variation of the observed gravitational
acceleration is on the order of 100 mgals or more (1 gal =
1 cm/s2). The unperturbed gravitational acceleration at
the earth’s surface is about 103 gals. So, tides affect grav-
ity at about the 10�7 level. This is roughly the relative
importance of tides on any physical observable, and can
be traced to the fact that tidal displacements (a few tens
of centimeters) are about 10�7 of the earth’s radius (about
6 � 108 cm).

A simple, idealized gravimeter is a mass hanging from
a spring. The amount the spring is stretched at equilibrium
is proportional to the local gravitational acceleration. So
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by continually monitoring the length of the spring, tidal
variations in gravity can be determined. Although real gra-
vimeters are more complicated than this, the basic idea is
the same. Most instruments, in fact, do use springs.

To illustrate the effects of tides on gravity, Figure 2
shows 1 month of hourly gravitational acceleration data
as observed with a spring-type instrument at Walferdange,
Luxembourg (data courtesy of Olivier Francis). The tides
are the dominant signal in the data. The semidiurnal and
diurnal tides are especially evident. The longer period
(2 weeks and 1 month) amplitude modulations evident in
the figure are caused by beating between frequencies sep-
arated by 1 cycle/13.7 days and between frequencies sep-
arated by 1 cycle/27.6 days. Long period gravity tides
have small amplitudes at the latitude of Walferdange,
and are hard to distinguish in Figure 2.

One problem common to all relative gravimeters is cal-
ibration. For spring-type instruments, the proportionality
constant between the length of the spring and gravity
depends on the spring constant, which can never be pre-
cisely known. This, for example, could cause errors in
the vertical scale in Figure 2.

Another method of detecting earth tides is to use
a strainmeter. This is an instrument that continually mon-
itors the distance between two points on the earth’s
Gravity measured at Walferdange, luxembourge
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Earth Tides, Figure 2 One month of hourly gravity data, taken
with a spring-type gravimeter at Walferdange, Luxembourg
(data courtesy of Olivier Francis). The tides are the dominant
signal and are described further in the text.
surface, separated by anywhere from a few centimeters
to a kilometer. The fact that earth tides perturb the distance
between points can be seen by considering points A and
B in Figure 1c. The distance between those points has
been changed by the tidal deformation, because A has
moved radially outward more than B. Also, not evident
in the figure, A and B have been displaced horizontally
by different amounts. Typical tidal variations in the dis-
tance between two points are on the order of 10�7 times
the unperturbed distance.

A third way to detect tidal deformation is with tiltme-
ters. These instruments measure the tilt of the earth’s sur-
face with respect to the direction of gravity. Tidal tilt of the
surface can be understood from Figure 1c by noting that
the tidal bulge has affected the slope of the line between
points A and B. The direction of gravity also tips during
the deformation, but by a different amount. It is this differ-
ence that is observed. Typically, observed tidal tilts are
a few tenths of a microradian.

Tidal deformation can also be observed using space
geodetic techniques, including satellite laser ranging
(SLR), very-long-baseline-interferometry (VLBI), and
GPS positioning. These techniques are sensitive to dis-
placements of the ground beneath the observing stations.
In fact, one of the primary geophysical objectives of these
techniques is to detect tectonic motion of the stations. The
effects of earth tides are evident in the data, but they can-
not generally be determined with as much relative accu-
racy as can the tidal effects on surface gravity, strain, or
tilt.

Satellite orbit tracking can also be used to detect tidal
variations in the earth’s gravity field. Those variations
affect the orbit of a satellite, and so can show up in the sat-
ellite tracking data. In fact, for lower-flying satellites the
ranging data are usually more sensitive to these tidal grav-
ity variations than they are to tidal displacements of the
ground stations.

These various observable tidal effects can be conve-
niently described, mathematically, by using dimensionless
parameters known as Love numbers, defined as follows.
The deformation of a spherically symmetric, nonrotating
earth in response to a Ym

n y; lð Þ applied external potential
can be described with that same Ym

n y; lð Þ angular depen-
dence. Mathematically, this is because the Ym

n separate
spherically symmetric differential equations. The change
in the earth’s gravitational potential at r = a (the
unperturbed surface of the earth) and the radial displace-
ment at r = a are both proportional to Ym

n , and the horizon-
tal displacement vector at r = a is proportional to =Ym

n .
The proportionality constants depend on n but are inde-
pendent of m. Thus, the same constants are pertinent for
all three Ym

2 terms in Equation 3.
LetF(y, l),Ur(y, l),Uy(y, l), andUl(y, l) denote tidal

effects at the earth’s surface (r = a) on, respectively, the
earth’s gravitational potential, and the radial, southward,
and eastward displacements of the point (y, l). Then, F,
Ur, Uy, and Ul for our assumed spherical earth have the
form
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F y; lð Þ ¼ kVa
T y; lð Þ

Ur y; lð Þ ¼ h
g
Va
T y; lð Þ

Uy y; lð Þ ¼ l
g
@yV

a
T y; lð Þ

Ul y; lð Þ ¼ l
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@lV
a
T y; lð Þ
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where k, h, and l are the dimensionless Love numbers, g is
the unperturbed gravitational acceleration at r = a, and

Va
T y; lð Þ ¼ Re
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2 y; lð ÞeimOt

" #
(5)

is the tidal potential (Equation 3) evaluated at r = a.
Tidal variations in gravity, strain, tilt, surface displace-

ments, and satellite orbital motion can all be parameter-
ized in terms of k, h, and l. As one example, consider the
gravitational acceleration at a fixed point on the earth’s
surface. There are three contributions to this acceleration,
as discussed above. First, the direct gravitational accelera-
tion from the moon (or Sun) in the inward radial direction
is � @rVT r ¼ að Þ¼� 2

a V
a
T (using the r2 radial depen-

dence of Vt shown in Equation 3). Second, F (the tidal
change in the earth’s gravitational potential at r = a) has
an angular dependence Ym

2 and so, outside of the
earth, has radial dependence r�3. Thus, the effect of F
on the radially inward gravitational acceleration is
� @rF r ¼ að Þ ¼ 3

aF ¼ 3
a kV

a
T Third, in the absence of

tides, the surface gravitational acceleration, g, varies with
radius as r�2. So, if the surface point is displaced radially
by Ur, the resulting perturbation in the gravitational
acceleration at the displaced surface point
is Ur@rg ¼ � 2

a gUr ¼ � 2
a hV

a
T :

Adding these three contributions together gives the
total tidal effect on the observed acceleration as

Dg y; lð Þ ¼ �d
2
a
Va
T y; lð Þ (6)

where d ¼ 1� 3
2 k þ h is called the gravimetric factor.

Similar exercises show that tidal tilt is described by
the diminishing factor g = 1 + k�h, and that tidal strain,
although more complicated than either tilt or gravity,
depends on the Love numbers h and l.

The numerical values of the Love numbers depend on
the earth’s internal properties. It is possible to learn about
some of those properties by comparing tidal observations
with predictions based on theoretical results for the Love
numbers. For example, tidal observations have been used
to place constraints on the earth’s anelastic properties. The
effects of anelasticity are frequency- and stress-dependent,
but are not well understood. Because tides sample the earth
in unique frequency and stress regimes (at lower frequen-
cies and larger deep-earth stresses than seismology, e.g.),
tidal studies have proven useful as complements to other
types of anelastic observations.
The use of tides to study the earth’s internal structure
can be difficult, for several reasons. One problem is instru-
ment calibration, as described above for gravimeters. Any
error in the calibration maps directly into a frequency
independent, multiplicative error in the estimated Love
numbers.

But there are also a number of other complicating
effects, most related to the fact that the earth is not really
spherically symmetric and nonrotating. Some of those
effects are potentially useful. For example, the earth does
rotate, and because of that rotation the earth’s internal
properties are closer to being elliptically, rather than spher-
ically, symmetric. In this case, the results of Equation 4 are
still approximately valid, but the Love numbers k, h, and l
are notably dependent on frequency near 1 cycle/day. This
diurnal frequency dependence is particularly sensitive to
the shape of the core-mantle boundary, and so diurnal tidal
results can be used to help constrain that shape.

Another omission in the theory described above is the
ocean. Tides in the ocean cause time-varying pressure
loads on the surface of the solid earth with the same fre-
quencies as the earth tides. These loads cause the earth
to deform, and this “load tide” (the tidal deformation that
would occur in the absence of oceans is called the “body
tide”) affects all earth tide observations to some extent.
Tidal gravity observations, for example, can be perturbed
by up to 10% near coasts, and typically a few percent in
the interior of continents. Tidal tilt and strain can be
perturbed by several hundred percent near coasts.

It is often difficult to model and remove the load tide
well enough to use the remaining body tide to learn about
the earth’s deep interior. There are uncertainties in ocean
tide models. Furthermore, the earth’s response to the
ocean tides, particularly the contributions to tilt and strain
near coasts, can be sensitive to the local material proper-
ties that may or may not be adequately known. On the
other hand, because of these possible uncertainties, people
have sometimes been able to use tidal observations to help
constrain the nearby ocean tide or the underlying material
properties.

In fact, for tilt and strain local effects can be important
on both the load tide and the body tide. By comparing
observed tidal amplitudes from instruments in an array
of tiltmeters or strainmeters, geophysicists can learn about
the local geology and underlying structure. There have
even been attempts to look for time-dependent variations
in tidal amplitudes near active earthquake faults that might
be caused by sudden changes in local material properties
preceding an earthquake.

A related problem is that tilt and strain amplitudes are
also affected by the local topography and by the shape
and size of any cavity the instrument is placed in.
(Tiltmeters and strainmeters are often placed in boreholes
or tunnels to minimize the effects of the surface environ-
ment.) These effects are rarely interesting, and they cannot
be observationally separated from the effects of local geol-
ogy. Instead, they must be modeled separately and
removed from the data.
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Summary
The effects of earth tides can be detected in several types
of geophysical measurements. These tidal observations
can be inverted to learn about large-scale material proper-
ties of the earth’s deep interior and about local geological
structure. In practice, a useful inversion is often difficult
due to the large number of possible geophysical interpreta-
tions, and due to uncertainties associated with instrument
calibration, topographic and cavity effects, and ocean tidal
loading of the solid earth.
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Definition
Except for iron meteorites, the Earth is the densest body in
the solar system. As has been recognized for more than
two centuries, it is, on average, about twice as dense as
common surface rocks. But many of the early speculations
on its internal structure were bizarre, ignoring the most
basic physics and the simplest density information, and
prompting a remark in one of the early papers on the sub-
ject with a sound scientific base (Oldham, 1906): “Many
theories of the earth have been propounded . . . till geolo-
gists have turned in despair from the subject, and become
inclined to confine their attention to the outermost crust of
the earth, leaving the centre as a playground for mathema-
ticians.” Seismological studies, for which Oldham was
one of the pioneers, have changed that by giving us
a clear picture of the interior. But debates on many details
and improvements in the methods of investigating them
continue.
The mean density
The first well-informed estimate of the Earth’s mean den-
sity was by Isaac Newton, who appealed to four pieces of
evidence: the Earth’s surface gravity, the period of the
Moon’s orbit, the size of Jupiter, and the orbital periods
of its satellites. It was evident to him that the density of
Jupiter is a quarter of the density of the Earth. Arguing that
the density of Jupiter would not be lower than that of water
(it is now known to be 1,327 kg m�3), and recognizing
that the densest Earth materials would have sunk to the
deep interior, he inferred that the mean Earth density is
between 5,000 and 6,000 kg m�3, a remarkable coinci-
dence with the now established value, �r = 5513.4(6)
kg m�3. More precise estimates awaited the determination
of the gravitational constant, G. Any astronomical or geo-
physical measurement of gravity, g, or, equivalently the
acceleration of a body in a gravitational field, depends
on the product of G and a mass. In the approximation of
a spherical, nonrotating Earth, mass M, and radius R, as
Newton showed, the surface gravity is g=GM/R2 (the
departure from this simple equation caused by rotation
and ellipticity is about 0.5%). Since g and R have been rea-
sonably well known since Newton’s time, a determination
of G is equivalent to a determination of M, or �r, and was
referred to as such by early investigators. Satellite mea-
surements have given the most precise value of the
product GM= 3.986004415(8)� 1014 m3 s�2, where M
includes the mass of the atmosphere, 8.84� 10�7 of the
total.

The first attempts to measure G were by M. Bouguer,
who, in the 1730s, was conducting an astrogeodetic sur-
vey in the extreme topography of the Andes and noted
a plumb line deflection by Mount Chimborazo, in Ecua-
dor. He also compared the gravity on a plateau, at Quito,
with observations on the nearby flood plain of the
Esmeralda River, the first use of what we now know as
the Bouguer method of gravity interpretation. In both
cases Bouguer recognized that he was thwarted by hetero-
geneity of the geological structures and that his estimates
of �r were unsatisfactory, but in 1774 his plumb line
deflection method was repeated more successfully by
N. Maskelyne on the slopes of Mt. Schiehallion in Scot-
land. Maskelyne’s estimate was revised several times by
others, using different assessments of the density of the
mountain. This introduced a measure of uncertainty, so that
geophysical measurements were generally disregarded for
about 50 years after 1798, when H. Cavendish made
a series of measurements of the gravitational force between
laboratory masses, using a torsion balance developed for
the purpose by J. Michell. However, Cavendish’s result
was also a subject of doubt. Although the measurements
were excellent, the final result was clouded by an arithmetic
error, recognized in 1842 by F. Baily, leading to a revival of
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interest in geophysical methods. The most significant of
these was by G. B. Airy, who, in 1856, measured the vari-
ation of gravity with depth in a coal mine near Newcastle,
in northeast England. Although limited by inadequate mea-
surements of rock density, Airy’s experiment was well con-
ceived. It did not require an absolute measurement of
gravity but only the differences in its value at different
levels in the mine, as indicated by the fractional differences
between the periods of pendulums operated by observers
who exchanged electrical signals to indicate their timing.
The linked variations in gravity and density, recognized
by Airy, are central to the development of earth models.
The Airy method was used by others for the following 50
years, but with mixed results, and by 1900 the superiority
of torsion balancemeasurements was clear. Now, it appears
that conventional balance experiments, pioneered in the
late 1800s by P. von Jolly and J. H. Poynting, are better still
and the current best estimate of G derives primarily from
them: G= 6.6743(7)� 10�11 m3 kg�1s�2. The uncertainty
(1 standard deviation), 1 part in 104, is far larger than the
uncertainties in the other fundamental physical constants
and translates to a similar uncertainty in M, and therefore
�r, through the very precise value of (GM).

The moment of inertia constraint
The understanding of the Earth’s density structure made
little progress, beyond Newton’s inference that denser
materials would have sunk to the centre, until the late
1800s. By then astronomical measurements of precession,
combined with astrogeodetic measurements of ellipticity,
had given an estimate of the moment of inertia of the
Earth, C. This is expressed as a coefficient, f, relating C
to the mass, M, and equatorial radius, a

C ¼ fMa2 (1)

For a uniform sphere f = 0.4 and a lower value is a measure
of the concentration of mass toward the centre. Using
recent data the value for the Earth is f = 0.330968(2), with
the uncertainty in parenthesis. This number represents
a quite strong central concentration of mass and prompted
speculation on the Earth’s deep composition. The cosmic
abundance of iron, apparent from meteorites and the solar
spectrum, invited the supposition that the Earth has an iron
core. This idea was pursued by E. Wiechert who, in 1897,
showed that both M and f could be matched by a model
with an iron core and rocky mantle, with both materials
approximating their familiar low pressure densities, if
the core radius was about 0.78a. But in 1906 R. D. Old-
ham reported seismological evidence for a smaller core,
with a radius that he estimated to be about 0.4a (it is
now known to be 0.546a), requiring higher densities for
both the core and the mantle. Two developments were
needed: recognition of the increase in density by the com-
pression of deep burial and the introduction of a transition
zone of increasing intrinsic density within the mantle.
Both required more detailed seismological data than were
available to Wiechert and Oldham.
Self-compression
Williamson and Adams (1923) recognized that informa-
tion about self-compression in a homogeneous layer was
available from seismic wave velocities. Using the veloci-
ties of both compressional and shear waves

VP ¼ KS þ 4=3ð Þm½ �=rf g1=2;VS ¼ m=rf g1=2 (2)

they separated the adiabatic bulk modulus, KS, from the
rigidity modulus, m, by writing

F ¼ VP
2 � 4 3=ð ÞVS

2 ¼ KS r= ¼ @P @r=ð ÞS (3)

That is, the seismological parameter F gives directly the
variation of pressure, P, with density, r, in
a homogeneous region with an adiabatic temperature gra-
dient. Since dP/dz =rg, g being gravity at depth z,

dr=dz ¼ rg=F (4)

This is the Williamson–Adams equation for the variation
of density with depth in a homogeneous region. An addi-
tional term, �art, was added by F. Birch to account for
a temperature gradient differing from the adiabat

t ¼ dT=dz� dT=dzð ÞAdiabatic (5)

where a is the volume expansion coefficient. However,
this term is very small except at the limited depths of steep
temperature gradients, the lithosphere, and the base of the
mantle (D00). In the outer core it is certainly negligible.

Another reason for imperfection of the Williamson–
Adams equation is that, for composite materials, such as
mantle rocks that are comprised of several minerals with
different properties, there is a frequency dependence of
elasticity. The unrelaxed elastic moduli that apply to rapid
cycles of low stress, as in seismic waves, are slightly
higher than the relaxed moduli applying to strong static
compression. Averaged over the lower mantle the differ-
ence is about 0.5% (Stacey and Davis, 2008, Table 18.1).
This means that dr/dz is 0.5% greater than by the
Williamson–Adams equation. Interpreted as an error in
the inferred temperature gradient, it amounts to �100 K
over the depth of the lower mantle, but earth models are
not so accurate that this is regarded as serious.

When self-compression, as represented by the
Williamson–Adams equation, is allowed for, a simple
two-layer model with the observed core size and a rocky
mantle cannot match the moment of inertia. It is necessary
to bring somemass up higher into the mantle. This was the
vital next step to realistic earth models, introduced by
K. E. Bullen and B. Gutenberg in the 1930s: the mantle
transition zone. By then, seismological information was
sufficiently detailed to indicate the depth range of the tran-
sition zone and the earth models that followed were quite
close to our present understanding. As we now know, the
transition zone is a combination of transitions at several
levels in the depth range of 220–660 km, where mantle
minerals are converted to denser phases. The transition
at 660 km is conventionally regarded as the boundary
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between the upper and lower mantles. The lower mantle,
which has two-thirds of the mantle volume and three-
fourths of its mass, appears to be more or less homoge-
neous over almost the whole depth range to the core, at
2,900 km depth, and conforms well to the Williamson–
Adams equation with a density 18% higher than for the
low pressure forms of the minerals. The upper mantle is
more complicated. Bullen (1975) reviewed this stage in
the development of our understanding of the Earth’s
density.

Free oscillation data
In the 1960s observations of the Earth’s modes of free
oscillation introduced a new constraint on the density
structure. Whereas body wave seismology gives the ratio
KS/r throughout the Earth but provides no formal separa-
tion ofKS and r, the spheroidal modes involve oscillations
in the radial distribution of mass with consequent gravita-
tional as well as elastic restoring forces. The equations of
motion and the mode frequencies involve not just the
ratiosKS/r and m/r but alsoGr. WithG a known constant,
the Gr term allows an assessment of absolute density
independent of elasticity. This is illustrated by considering
the frequencies of two modes for the simple case of
a uniform solid sphere. The spheroidal mode 0S2 is an
alternation between prolate and oblate deformations and,
since there is radial motion, the Gr term has an important
control on the frequency, f, which is given by

f 2 0S2ð Þ ¼ 2=3pð ÞGrþ ð5=3p2Þm=rR2 (6)

whereas the lowest toroidal mode, 0T2, is an alternating
twist between two hemispheres, with no radial motion,
and a frequency given by

f 2 0T2ð Þ ¼ ð7=4p2Þm=rR2 (7)

so that

Gr ¼ 3p=2ð Þf 2 0S2ð Þ � 10p=7ð Þf 2 0T2ð Þ (8)

The frequencies of more than 500 modes have been

identified (Masters and Widmer, 1995), providing
a direct measure of global average properties, including
the radial density profile. Fine details, such as the sharp-
ness of boundaries, still require analysis of body wave
data, but the broad scale structure is derived from the
mode frequencies. The Preliminary Reference Earth
Model (PREM) of Dziewonski and Anderson (1981)
was produced in this way. It signalled a turning point in
seismological studies, with less attention to global average
properties and increasing emphasis on lateral heterogene-
ities, boundary structure, and anisotropy.

A powerful new use of free mode data to clarify the
radial density structure was presented by Masters and
Gubbins (2003), who selected a combination of modes
sensitive to a restricted depth range, rather than inverting
the whole data set. By concentrating on a region close to
the inner core boundary, they obtained an estimate of the
density difference between the inner and outer cores,
820 kg m�3, compared with the PREM difference,
597 kg m�3. The revision amounts to 1.8% of the density
at that level, compared with the estimated 0.5% precision
of the new technique, and may be interpreted as a measure
of the revisions to PREM that may be expected in an
updated model. From the splitting of mode frequencies,
free oscillation data allow identification of lateral density
variations independently of elasticity. This is referred to
in a later paragraph on lateral heterogeneity.

A density gradient anomaly
An interesting feature of PREM is the decrease in density
with depth in the lithosphere and asthenosphere, over the
depth range 24.4–220 km. The obvious interpretation is
a steep temperature gradient, but this presents difficulty.
The inverted density gradient is slight, little more than
0.1 kgm�3 per kilometer of depth, but the difficulty would
arise even with zero gradient. For a uniform layer, density
is a function only of pressure and temperature, so we can
write

dr=dz ¼ @r=@Pð ÞTdP=dzþ @r@Tð ÞPdT=dz
¼ �0:109 kgm�3=km

and substitute the physical properties of mantle material in
this depth range to obtain dT/dz= 8.6 K/km. (For dr/dz= 0
this would be 7.9 K/km). Over the depth range of 195.6
km the anomalous gradient gives a temperature range of
1,680 K and since the temperature at 24.4 km (the aver-
aged crust-mantle depth of PREM) cannot be taken as less
than about 700 K, the implied temperature at 220 km is
close to 2,400 K. This is about 600 K too high; the temper-
ature at 660 km depth required to meet the (P,T ) condi-
tions of the phase transition there is about 1900
K (Boehler, 2000) and the 220 km temperature must be
lower than that. The discrepancy can be understood if
PREM underestimates the effect of anisotropy in the
asthenosphere, causing the inverted density gradient as
a modelling artifact.

Extrapolation to zero pressure and inferences
about composition
The density profile of PREM, with minor equation of state
adjustments, is plotted in Figure 1, together with equation
of state extrapolations to zero pressure and a temperature
of 300 K. The extrapolations use equations of state fitted
to each of the ranges, assuming that the materials can be
decompressed and cooled without phase changes. Thus,
the broken line in the figure represents the densities that
the high pressure phases would have under ambient condi-
tions. For each of the inner and outer cores and lower man-
tle the extrapolated densities are uniform, within the
uncertainties of the calculation, and so indicate homoge-
neity. However, this is not true for the upper mantle, where
the model indicates heterogeneity additional to the bound-
aries that mark recognized phase changes.
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The density estimates provide the basic data needed for
a discussion of composition. Two long-standing debates
that hang on this are the composition of the core, that is,
the light elements that must be dissolved in iron-nickel
alloy to reduce its density to that of the core, and the pos-
sibility of a significant compositional difference between
the upper and lower mantles. As Birch (1952) recognized,
there is no plausible alternative to iron as the major core
constituent, but the outer core is about 10% less dense than
pure iron and Poirier (1994) reviewed the arguments for
rival candidate light solutes. At core pressures iron occurs
as a hexagonal close-packed (e) phase, for which the
extrapolated density would be r0,0 = 8,352� 23 kg m�3

(Stacey and Davis, 2004), compared with the core density,
extrapolated to the same conditions and also in the e phase,
7,488 kg m�3 for the outer core and 7,993 kg m�3 for the
inner core. The effects on the iron density of each of the
candidate light elements are known from metallurgical
literature; although none of the observations were made
on e iron, they are taken as a sufficient guide to their poten-
tial contributions to the core density deficit. There are
undoubtedly many elements dissolved in the core, but the
favored important ones, with the mass percentages
required in the outer core if each were the only light ingre-
dient, are H (1.4%), C (10.6%), O (12.7%), Si (17.7%),
and S (18.2%). The core densities can, in principle, be
explained by any combination of these elements, but geo-
chemical arguments restrict the range. The mass percent-
ages of each, in the inner and outer core, respectively,
favored by Stacey and Davis (2008, Table 2.5) are
H (0.07%, 0.08%), C (0.45%, 0.50%), O (0.11%,
5.34%), Si (nil, nil), and S (8.02%, 8.44%).

There are two main arguments bearing on the similarity
of the compositions of the upper and lower mantles, the
seismological evidence for penetration of the 660-km
boundary by subducting slabs and the densities of high
pressure phases of mantle minerals. The perovskite phase
of (Mg,Fe)SiO3 is believed to be the dominant lower man-
tle mineral. It is produced by high pressure laboratory
experiments and survives in a metastable state at P= 0 pro-
vided it is not heated. With no Fe the density at ambient
conditions is 4,107 kg m�3. The second most important
lower mantle mineral is almost certainly ferro-periclase
(magnesiowustite), (Mg, Fe)O, which may account for
as much as 20% of the composition. It is less dense
than the perovskite (3,585 kg m�3 for MgO) but more
readily accepts substitution of Fe for Mg and would
be 5,956 kg m�3 for FeO. The magnesium silicate perov-
skite can accept Al ions, but neither of these minerals read-
ily accepts Ca, so a calcium perovskite is believed to occur
also, but, unlike the magnesium perovskite and periclase,
it does not survive decompression and is not as well stud-
ied. It is evident that, with a modest iron content, a mixture
of these minerals can match the lower mantle density,
r0,0 = 4,144 kg m

�3, and that, on the basis of density, there
is no evidence for a compositional difference between the
upper and lower mantles.

Lateral density variations
Convection is ubiquitous in the Earth and this means that
lateral density variations, with hot, dilated materials ris-
ing, and replaced by denser, cool materials. Heterogeneity
of the mantle inferred from body wave tomography is gen-
erally consistent with the convective pattern, acknowledg-
ing that relics of earlier convective patterns are still
apparent, but elastic moduli are more sensitive to temper-
ature than is density and a thermodynamic analysis is
needed for interpretation (Stacey and Davis, 2008,
Sect. 19.7). The splitting of mode frequencies presents
evidence of lateral density variations that does not rely
on such interpretation, but, in spite of several detailed
studies, the difficulties are such that available results must
be regarded as preliminary (Ishii and Tromp, 1999;
Masters et al., 2000; Romanowicz, 2001). The general
conclusion is that, in addition to temperature variations,
compositional heterogeneity of the deep mantle must be
invoked to explain the observations, in confirmation of
a thermodynamic assessment (Forte and Mitrovica,
2001; Stacey and Davis, 2008, p. 288) of results of body
wave tomography (Robertson and Woodhouse, 1996; Su
and Dziewonski, 1997).

With respect to the outer core, observable lateral hetero-
geneity must be discounted as quite implausible, in view
of the speed of convective motion apparent from the geo-
magnetic secular variation. Compositional layering, with
a stable low density layer at the top of the core has been
suggested (Braginsky, 1999), but is not generally
supported.

Summary
The Earth’s density structure is now known in sufficient
detail to provide a sound basis for discussions of internal
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composition. High pressure equations of state (Stacey and
Davis, 2004), the modern version of finite strain theory,
provide reliable extrapolations of density to zero pressure,
as well as distinguishing internal heterogeneities caused
by temperature variations from compositional and miner-
alogical differences. Although fine details in the deep inte-
rior are not all resolvable, it is evident that the bulk of the
Earth does not have very strong lateral heterogeneities,
such as are obvious in the crust. Nevertheless, the hetero-
geneities that are seen are indications of the dynamics of
the Earth, making them prime targets for continuing
investigation.
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Definition
The Structure of Earth’s core is referred to as the proper-
ties of velocity, density, attenuation, anisotropy, and com-
position of Earth’s core, and how these properties change
with depth, geographic location, and time.
Attenuation is a measure of material’s ability to absorb
energy as seismic waves pass through it.
Anisotropy is a material property that is directionally
dependent.
Overall structure: The Earth’s core occupies the center
portion of Earth with a radius of 3,480 km. It consists of
a liquid outer core and a solid inner core. Earth’s core is
composed of Fe/Ni and some minor light elements, such
as S, C, O, and Si. Those light elements are preferentially
enriched in the outer core. Seismic compressional velocity
and density exhibit sharp jumps at the inner core boundary
at the radius of 1,221 km. The inner core is anisotropic in
both velocity and attenuation, with seismic waves
exhibiting higher velocities and higher attenuation as
they propagate along the polar paths than along the equa-
torial paths. The anisotropy in the inner core is probably
caused by preferential alignment of anisotropic Fe
crystals.
Radial and lateral variations: With possible exception at
the bottom and the top, the outer core is homogeneous
due to vigorous mixing of the liquid iron/nickel. The
inner core exhibits a complex structure, with the most
prominent feature being the hemispheric difference in
seismic velocity, attenuation, and anisotropy, between
the “eastern” hemisphere (defined between longitudes
from 40�E to 180�E) and the “western hemisphere”
(defined between longitudes from 180�W to 40�E).
The eastern hemisphere exhibits a higher velocity,
higher attenuation, weaker anisotropy, and a larger tran-
sitional depth from top isotropy to deep anisotropy. The
top 235 km of the eastern hemisphere also exhibits
a flat velocity gradient with depth (Figure 1). At
depth, the innermost 300 km of the inner core may have
different forms of anisotropy from the rest of the inner
core.
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Earth’s Structure, Core, Figure 1 Cartoon illustration of hemispheric differences in seismic velocity, attenuation, anisotropy, and
depth extent of anisotropy in the Earth’s inner core.

138 EARTH’S STRUCTURE, CONTINENTAL CRUST
Temporal changes: In some localized regions, the inner
core surface changes its radius by several kilometers in
a decadal scale. Physical mechanisms for such rapid
change remain unknown.
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Introduction
In the last 20 years much progress has been made in the
development of geophysical techniques that increased
our knowledge about the variability of crustal structure
substantially. A big misunderstanding, still often pre-
sented today, is the use of the phrase “THE” crust. This
is a marked oversimplification. Continental crust has been
found to be extremely different. There are at least three
main types to be distinguished:

1. Thick, old cratons, shields and platforms
2. Orogens, often related to continental subduction
3. Extensional areas, including shelves and rifts

Thick Precambrian cratons, disrupted by early plate
tectonics, are presently found in all continents; they con-
tribute more than 70% to the continental lithosphere. They
are characterized by a thick crust (45–50 km) with high
velocities (>7.2 km/s) in the lower part. The two other
crustal types were generated by modern plate tectonics:
the orogens by convergence and plate collisions, most of
them showing deep crustal roots, and the extensional
areas by divergence and wrench tectonics, often accompa-
nied by thermal and magmatic processes. They generally
show a shallow crustal thickness without a high-velocity
lower crust. Special forms are rifts, basins, and igneous
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provinces. Type sections of the three main crustal struc-
tures are presented in Figure 1.

In general, the continental crust has lower seismic
velocities and consists of lighter material than the underly-
ing mantle; VP is smaller than 7.8 km/s, VS smaller than
4.3 km/s, and r below 3.1 g/cm3. Crustal thickness is
between 20 km (shelves) and more than 70 km (some
orogens) (Mooney et al., 2005). Mohorovičićwas the first
to determine the base of the crust, today called the “Moho”
for short. It is observed worldwide and is clearly recog-
nized by seismic methods. It is worthy to note that the
position of the seismic Moho is not always identical with
the petrological Moho (defined as the boundary between
non-peridotitic crustal rocks and olivine-dominated
rocks). In case mafic rocks are transformed into eclogites
at the base of orogenically thickened crust, P-wave veloc-
ities of eclogites largely overlap with those of peridotites
so that seismic field studies may not detect eclogites as
crustal rocks (e.g., Mengel and Kern, 1992). An
intracrustal boundary – the “Conrad” – seems to separate
upper sialic from more mafic lower crust in some areas.
Transport of crustal material into the mantle and delamina-
tion of the lithosphere and the lowermost part of
a thickened crust may give rise to a reduction of crustal
thicknesses.
Methods
Reliable studies of the continental crust were started in the
late 1940s by seismic methods, applying first refraction
studies with man-made explosions and lines of simple
geophones. Wide-angle reflection seismics followed, and
steep-angle reflection seismics became more and more
important. In the last 30 years, digital technology, com-
puter programs for ray-tracing and tomography, and large
national and international research programs with an
increased number of recording devices and energy sources
were initiated. Large, national reflection programs, often
with a substantial support by the industry or large funding
agencies were developed in nearly all industrialized
countries, spearheaded by COCORP in the USA. Both
methods – refraction-wide-angle and steep-angle reflec-
tion – complement each other, the former supplying
velocity-depth functions and relations to petrology, the lat-
ter providing reflectivity images of the subsurface that
reveal past tectonic processes. Both methods form the
backbone of crustal interpretation. They confirmed identi-
cal Mohos, either by a jump of velocities or by termination
of (crustal) reflectivity because the mantle is less reflective
(Meissner and Brown, 1991). Vibroseis or dynamite
shooting are used for reflection programs, the latter one
generally providing a higher energy output, which is
sometimes used for piggy-back wide-angle work. In the
last 20 years, a relatively cheap seismological method,
the “seismic receiver function technique,” supported inter-
pretation of seismic data, making use of global seismicity
and a wave change at seismic boundaries. This “seismic
receiver function technique” is based on seismic phase
conversions of teleseismic waves at the Moho and at
boundaries in the crust and mantle.

Non-seismic geophysical techniques are complemen-
tary to seismic methods: gravity, for instance, for investi-
gating isostatic problems or selecting between competing
seismic interpretations or – together with magnetics –
looking for inhomogeneities or controlling structure. Elec-
tromagnetic and magnetotelluric methods help to find and
to interpret conductivity anomalies. Measurements of heat
flow help to observe heat sources and decipher the thermal
or magmatic history of a specific area. Depending on the
heat flow, temperature-depth functions and viscosities that
control rheology can be estimated. The brittle upper crust
extends to a depth of 12–20 km and is a zone where gen-
erally earthquakes occur. It is separated from the more
ductile, aseismic part of the middle and lower crust (some
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exceptions). Various experimental studies of creep, stress,
and strength support seismic interpretation.
Cratons
Cratons are relatively stable Precambrian continental units
with a rather deep lithosphere (Figure 1a). They are called
shields when a sediment cover is lacking and platforms
when covered by sediments. Today, cratons are found in
all continents, possibly created from a few early Super-
continents that were later disrupted by plate tectonics.
No consensus exists about the number of cratons. They
comprise up to ten in Africa and even more in North
America. The latter were finally combined into the big
“North American Craton” forming the whole interior of
North America (without its margins in the west and east).
Even “stable” cratons are influenced by Proterozoic and
Phanerozoic processes like rifts or plumes. In North
America there is a 2,500 km long Proterozoic Mid-
continental rift with a thick cover of sediments, volcanic
intrusions, and a reduced crustal thickness. There are also
Paleozoic rifts in the southern part of the East European
Craton, and there is an unusual 60 km thick crust in the
cold Baltic Shield, well within the eclogite stability field
in the lowermost part. However, high velocities (>7.8
km/s) corresponding to eclogitic rocks are not observed
in the lowermost crust of the Baltic Shield (Korja et al.,
2009).

The crystalline crust of cratons is similar worldwide.
Cratons are characterized by low heat-flow values. Their
thickness is in the range 35–55 km with a “classical”
3-velocity structure (Pawlenkowa, 1996), as shown by
wide-angle plus refraction studies. In general, cratons
have an upper crust with VP around 6 km/s, a middle crust
around 6.5 km/s, and a roughly 10-km thick lower crust
with velocities around 7–7.2 km/s, sometimes 6.7–7.5
km/s (Figure 1a). A typical example is the
EUROBRIDGE profile (Guterch et al., 1997) crossing
the crust of the East European platform (Figure 2).
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Reflection seismic experiments generally show no spe-
cial enhancement of reflectivity in the (mafic?) lower
crust, as shown by the large transects of LITHOPROBE
in Canada, by the COCORP data in the USA or by the
BABEL surveys in the northern Baltic Sea (some
exceptions).

Orogens
Collisions of plates or terranes create orogens by
compressing material upward (mountain ranges) and
downward (roots), and dynamic processes initiate oceanic
or continental subduction. While the elevation of an
orogen apparently depends on the time and speed of the
colliding plates (example: Himalaya, Tibet), processes of
crust/mantle interaction are quite complex. Magmatic pro-
cesses are found behind subducting plates in many
orogens (Alps, Sierra Nevada, Andes). In continental col-
lision zones, rock types of the lower crust resemble those
of the neighboring plates, guided into the orogens. There
are high-velocity (cratonic) crustal rocks with mafic lower
crusts in the Uralides (from the East European Platform)
and sialic, extensional crusts with a reflecting lower crust
in the Alps (mostly from the Variscides). Continental sub-
duction often follows oceanic subduction. Remnants of
these processes may be reflected by the crustal “roots.”
Figure 3 shows simplified cross sections through the Alps
and Pyrenees. Orogens are more or less isostatically com-
pensated; its Bouguer Anomaly is strongly negative
(Ebbing, 2004).

Extensional areas
Extensional processes cover many dimensions: from rifts,
basins, (the Basin and Range of North America), continen-
tal shelves up to large Phanerozoic areas like Europe, west
of the Tesseyre-Tornquist line. This large extensional area
was created in Post-Avalonian, Post-Variscan time at the
end of the Paleozoic. A surprisingly uniform crust has
been formed, showing three prominent differences
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compared to the cratons: their thickness is only 30 km
(Figure 1c), their velocities being lower than 6.8 km/s,
and in many places they show prominent reflectivity
(lamellae) in the lower crust.

Apparently, all three characteristic crustal patterns are
genetically interrelated. While a former lower crust (in
the Basin and Range province and in the Variscides) got
lost in the previous orogeny (by delamination or subduc-
tion) subsequent moderate, but widespread, extension
dominated. Mafic-ultramafic dykes intruded into the
lower crust and formed sill-like intrusions, giving rise to
high impedance contrasts after cooling. Importantly, sills
are mostly rather thin and do not generally increase the
lower crustal overall (sialic) seismic velocities. Figure 4
gives an example of strong lower crust reflectivity and
low average velocities.

In contrast, the formation of rifts and basins is a result of
local (extensional) stress and/or strong local heat anoma-
lies. As a consequence, large volumes of mantle-derived
basaltic magmas intrude into the crust, and after cooling,
the mafic rocks (gabbros or metamorphic equivalents)
cause the observed high velocities at the base of most rifts
and basins. Examples are the Oslo Graben, the Danish
Basin, and other adjacent rifts and basins north of the
Variscan front, the great East African rift, the Donetz
Basin, and the Mid-continental North American rift. In
general, the massive intrusions created a transparent lower
crust, but some basins with high lower crust velocities
(above 7.2 km/s) show some thin lamellae (apparently
ultramafic?) on top of the Moho. Also in some areas of
continental/ocean transition high-velocity lamellae are
observed in the lower crust (Roberts et al., 2009).

In general, lower crustal reflectivity seems to depend on
the volume and thickness of the mafic intrusions com-
pared to the host rock. Whereas sill-like intrusions are
suggested to generate the observed lower crustal reflectiv-
ity, massive intrusions in the lower crust reduce reflectivity
and enhance the average velocities to values of 6.8–7.2
km/s. The volcanic Messum ring complex in Namibia
shows no lamellae in the high-velocity interior, but
a good reflectivity in the surrounding (Bauer et al.,
2003). In contrast, the Viking Graben in the North Sea
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shows lower crust reflectivity and no reflection around it
(McBride et al., 2004).

Most continental shelves show extension and a
stretched continental crust with a thickness of only
20–30 km, often containing aborted rifts (Korja et al.,
2009). Reflectivity in the lower crust is found in the West
Atlantic margin (Faroe or Hatton) and along the Green-
land coast. Often, seaward dipping reflections, caused by
intrusive and extrusive magmatism, mark the onset of oce-
anic crust with high velocities. BIRPS’s WAM–profile
from the British Isles toward the Atlantic ocean shows
a preferred lower crust reflectivity below the (continental)
Mesozoic basins, while the oceanic crust is free from
reflections.
Constraints on crustal petrology
The measured seismic velocity structures are very helpful
in providing a rough characterization of the earth’s crust in
different tectonic environments, but they are nonunique so
that inferences about composition cannot be drawn from
wave velocities (at least P-wave velocities). The seismic
properties at depth are determined by a number of litho-
logic and physical factors that control the in situ rock
properties in a very complex manner. Velocities are con-
trolled by the intrinsic properties of the rocks (mineralog-
ical composition, chemical composition, metamorphic
grade, crystallographic preferred orientation of constituent
minerals, etc.) and by the physical environment of the
crust (temperature, pressure, porosity, fluid content, etc.).

Direct information about the composition and structure
of the deep crust can be obtained either from crustal
terrains exposed at the surface (e.g., Fountain and
Salisbury, 1981; Kern and Schenk, 1988) or from xeno-
liths brought to the surface by magmas (Downes et al.,
1990). Deeply eroded Precambrian terrains (e.g., Sri
Lanka), and upthrust tectonic slices in orogenic belts
(e.g., Ivrea Zone, N. Italy; Serre Mountains, S. Calabria;
Kapuskasing Zone, Canada) provide perhaps the best geo-
logic guides to structural style and composition at depth.
Such rocks are important in providing direct data although
they contain a mixed message as they are no longer the in
situ deep crust.

A unique ability to correlate the seismic data with the
structure and composition of the in situ deep crust can be
provided by coupling experimentally determined or calcu-
lated P- and S-wave velocities for relevant crustal rocks
collected from surface outcrops or from xenoliths, simu-
lating in situ conditions: (1) by laboratory seismic mea-
surements at actual PT conditions (e.g., Christensen and
Wepfer, 1989; Kern et al., 1999) and (2) by calculations
from modal analyses and elastic properties of the rock-
forming minerals and their pressure and temperature
derivatives (e.g., Jackson et al., 1990).

High P-wave velocities (>6.9 km/s) generally defining
the lowermost crust (below about 20–25 km depth) are
typical for metamorphic rocks in the granulite facies.
These aremafic granulites, mafic amphibolite facies rocks,
anorthosites, and high-grade metapelites.

Intermediate P-wave velocities (6.5–6.9 km/s) repre-
sent the upper-lower to mid-crust and are characteristic
for intermediate granulites and metapelites.

Low P-wave velocities (6.2–6.5 km/s) occurring at
mid-crustal levels in Palaeozoic and more recent fold belts
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and in the uppermost crust in shields and platforms are
likely to be composed of felsic rocks in the amphibolite
and granulite facies. It should be noted, however, that
not all felsic (granitic) upper crustal rocks are intermedi-
ate- to high-metamorphic grade. The Superior Province
(Canada) is an example of low metamorphic shield rocks.

Mineralogically, feldspar (K-feldspar, plagioclase) is
the most abundant mineral, followed by quartz and
hydrous minerals (such as mica and amphiboles).

The bulk chemical composition of the upper crust is
felsic, and the middle crust is intermediate in composition.
The average composition of the lower crust is in general
mafic in cratons, but it tends to be intermediate or even
felsic in some regions. The continental crust as the whole
(average of all crustal types) is suggested to be intermedi-
ate in average bulk composition (Rudnick and Fountain,
1995).

Importantly, most of the rocks constituting the earth’s
crust exhibit marked anisotropy of elastic properties
(e.g., Kern et al., 2001; Ji et al., 2002). Typical values of
intrinsic P-wave anisotropy (quartz-mica-schists, felsic
gneisses, granulite-facies metapelites, amphibolites) range
from 5.4% to 10.7%. Anisotropy may be caused by crys-
tallographic (CPO) and morphological (or shape) pre-
ferred orientation (SPO), by oriented microcracks, or by
thin layers of otherwise isotropic materials with different
properties.

Whereas oriented cracks may contribute a large fraction
of observed seismic anisotropy in the uppermost crust
(Crampin, 1987), CPO- and SPO-related seismic anisot-
ropy is a major contribution in ductily deformed and foli-
ated crustal structures (shear zones, gneiss sections) of the
deeper crust. It is mainly due to the alignment of mica and
hornblende minerals and their strong single crystal anisot-
ropies (Meissner and Kern, 2008). In addition to mineral
and chemical composition and rock fabric, pore fluids
may have an important bearing on in situ seismic proper-
ties. Saturation of pore space (Ppore � 0) increases VP,
whereas VS remains unaffected (Nur and Simmons,
1969). In case of pore pressure approaching lithostatic
pressure (Ppore � Plith), microcracks and grain boundaries
are more or less kept open. As a consequence, both P- and
S-wave velocities are smaller than in dry rocks, due to
a reduction of the effective pressure (Peff. = Plith. � n �
Ppore; n � 1). Importantly, VP-anisotropy is significantly
higher in dry rocks than in water-saturated rocks at atmo-
spheric pressure conditions (Popp and Kern, 1994). As
pressure is increased, differences progressively decrease.
The corresponding S-wave velocities and S-wave splitting
data are only weakly affected by intergranular fluids.

Seismic anisotropy is becoming increasingly important
also in understanding the evolution of the Earth’s crust
(and upper mantle). Since the measured seismic anisot-
ropy has a structural (macro- and/or micro-) origin, seis-
mic azimuthal anisotropy manifested by shear wave
splitting, in particular, can provide important geophysical
evidence of deformation because the orientation and mag-
nitude of anisotropy is, in general, strongly related to the
internal strain-induced rock fabric. Although variations
of lithology is suggested to be most important for the gen-
eration of seismic reflections in the lower crust (laminated
lower crust) (e.g., Meissner et al., 2006), seismic reflectiv-
ity may be enhanced by the fabric-related anisotropy of
ductily deformed structures (Kern and Wenk, 1990). It
should be noted, however, that in crustal rocks the vari-
ability due to variation in composition is generally higher
than the variation caused by velocity anisotropy (except
for schists). The reverse is true in the olivine-rich upper
mantle rocks. This probably implies that, on a regional
scale, fabric-related anisotropy is more important in the
oceanic and continental upper mantle than in the continen-
tal crust.

Summary
Seismic refraction and reflection surveys have revealed
three main types of continental crust: (1) the thick old cra-
tons, constituting large parts of all continents; (2) the
orogens, generated by plate collisions; and (3) the exten-
sional areas with a relatively thin crust, exhibiting ample
reflectivity (lamellae) in the lower part. Crustal thickness
is between 20 km (shelves) and more than 70 km (some
orogens). TheMohorovičić discontinuity (Moho), defined
by a jump in velocity and density, separates the lowermost
crust from the upper mantle. High P-wave velocities (>6.9
km/s) are typical for the lowermost crust of platforms and
orogens; they stand for high-grade mafic rocks in the gran-
ulite facies. In the thin lower crust of extensional areas,
high-velocity mafic rocks are almost lacking. The upper-
lower to mid-crust is characterized by intermediate
P-wave velocities (6.5–6.9 km/s) and is likely to be com-
posed of intermediate granulites and metapelites. Low
P-wave velocities (6.2–6.5 km/s) of mid-crustal levels in
Paleozoic and more recent fold belts as well as in the
uppermost crust in shields and platform point to felsic
rocks in the amphibolite and granulite faces. Seismic
anisotropy is an important property of most rocks consti-
tuting the earth crust. It is basically caused by crystallo-
graphic and morphological (or shape) preferred
orientation, by oriented microcracks, or by thin layers of
otherwise isotropic material with different properties.
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Definition
Structure of the Earth. The manner in which the Earth is
constructed. It is characterized through physical and
chemical parameters.
Crust. The outer layer of the solid Earth that lies above the
Mohorovicic discontinuity.
Mantle. A thick layer of rock below the crust down to the
core–mantle boundary CMB at 2,900 km depth.
Core. The central part of the Earth below CMB. It is com-
posed of the fluid outer core (2,900 km down to 5,100 km)
and the solid inner core below.
Anelasticity. Property of a substance in which there is no
definite (linear) relation between stress and strain.
Anisotropy. Property of a substance being directionally
dependent, as opposed to isotropy (identical properties in
all directions).
Introduction
The Earth is the largest in size and mass of the Solar
System’s four terrestrial planets. Of these four planets,
Earth also has the highest density, the highest surface
gravity, the strongest magnetic field, and fastest rotation.
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It is also the third planet from the Sun, and the densest and
fifth largest of the eight planets in the Solar System. Earth
is a terrestrial planet, meaning that it is a rocky body, rather
than a gas giant like Jupiter. Earth is currently the only
place where life is known to exist, and the only terrestrial
planet with active plate tectonics.

Earth Sciences in general, and Geophysics in particular,
are built on the foundations of physics, mathematics, geol-
ogy, astronomy, and are closely connected to other disci-
plines such as chemistry and biology. Its roots therefore
go far back in history, but the science has blossomed only
in the last century with the explosive increase in our ability
to measure the properties of the Earth and the processes in
play inside the Earth, on and above its surface. Geophysics
includes the study of the Earth’s solid layers, fluid
envelopes, and its near-space environment. However, in
this contribution, the subject is narrowed to the solid
Earth.

The interior structure of the Earth, similar to the outer
and like that of the other terrestrial planets, is divided into
layers by their physical (rheological) or chemical proper-
ties. Scientific understanding of Earth’s internal structure
is based on geological, geochemical, and geophysical
observations at the surface of the Earth including topogra-
phy and bathymetry, observations of rock in outcrops,
samples brought to the surface from greater depths by vol-
canic activity. Geophysics can make use of measurements
of different physical fields such as the gravity, magnetic
fields, and the fields associated with the propagation of
seismic waves passing through the Earth. This interdisci-
plinary observational approach is completed by laboratory
experiments with minerals at pressures and temperatures
characteristic of the Earth’s deep interior.

The technological advances of the last century in
laboratory and field instrumentation, computing, and
satellite-based remote sensing are largely responsible for
the explosive growth of geophysics. These advances
enabled geophysicists to make more and more accurate
measurements, to collect and to analyze enormous
amounts of data, and to model more and more complex
systems. This new view of how the Earth works enabled
a fundamental understanding of structure of the Earth as
well as earthquakes, volcanoes, mountain building, indeed
all of geological processes and objects.
1D structure of the earth
The global structure of Earth can be defined in two differ-
ent ways, either by considering its physical properties, or
its chemical properties. Different physical fields are used
by geophysicists. The Earth’s gravity field can be used
to calculate its mass, its moment of inertia. By adding
some additional physical constraints, the density varia-
tions within the Earth can be calculated. The magnetic
field of internal origin provides fundamental information
on the deepest layer of the Earth, the Core (see Magnetic
Data Enhancements and Depth Estimation and Magnetic
Methods, Principles). Geophysics is the only Earth
science discipline enabling the imaging of the invisible
deep inner structure of our planet by a direct measurement
of its physical properties. To first order, the structure of the
earth is dominated by its radial structure (spherically
symmetric model). During the first part of the twentieth
century, geophysicists determined the onion-like fine
structure of the Earth. Seismic waves enable the investiga-
tion of the elastic and to some extent anelastic properties
of the whole Earth.
Characterizing the interior of the Earth with
earthquake waves
Global seismology starts in 1889 when Ernst von Rebeur-
Paschwitz in Potsdam (Germany) associated a disturbance
recorded on a tiltmeter to the occurrence of a remote
Japanese earthquake. Since then, seismologists modeled
the propagation of seismic waves from teleseismic events
by using the ray theory considering seismic waves as vir-
tual particles following rays between earthquake focus
and receivers and their travel times are sensitive to the
structure of the Earth.

During the first decades of the twentieth century (see
Dziewonski and Romanowicz (2007) for details), the
layering of Earth was indirectly inferred using the travel
times of refracted and reflected seismic waves generated
by earthquakes. The changes in seismic velocity of
P-waves (compression waves) and S-waves (shear waves)
between different layers cause refraction owing to Snell’s
law. Reflections are caused by a large increase in seismic
velocity and are similar to light reflecting from a mirror.
Seismologists were able to find and characterize the main
seismic discontinuities (depth and velocity jump) within
the different layers of the Earth (see Seismic Discontinu-
ities in the Transition Zone). First of all, the Mohorovicic
discontinuity between crust and mantle in the depth range
10–60 km then the core–mantle boundary at 2,900 km
depth by Oldham (1906). The core does not allow shear
waves to pass through it, showing that its outer part is
fluid. Finally, Inge Lehmann (1936) demonstrated the
existence of a solid inner core.

Mantle itself can be divided into upper mantle and
lower mantle by a discontinuity at 660 km depth. In
the upper mantle, the finding of a discontinuity around
410 km depth defines the “transition zone” between
410 and 660 km depth. At the base of the mantle, about
200 km above the core–mantle boundary, a discontinuity
was discovered, identifying the still mysterious D00-layer.
There are some other candidates for entering the club of
seismic discontinuities, the Hales discontinuity at 80 km
depth, the Gutenberg discontinuity at the base of continen-
tal and oceanic lithosphere, the Lehmann discontinuity at
220 km, and also at 520 km and around 900 km depths,
but their global nature is still debated. Most seismic dis-
continuities are interpreted as a mineralogical phase
transition between minerals of mantle silicates (olivine–
perovskite system) but some of them might be
a boundary between different chemical compositions.
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From its elastic properties, the different layers are
presented in Table 1 and Figure 1. The Earth can be
divided into the outer silicate solid crust, the upper mantle
(including lithosphere, asthenosphere, and transition
zone), the lower mantle (with the D00-layer at its base),
the liquid outer core much less viscous than the mantle,
and the solid inner core.
From 1D models to 3D tomographic models
Many reference models (spherically symmetric models)
have been developed during the last century, but the most
popular ones are the PREM (Preliminary Reference Earth
Model by Dziewonski and Anderson, 1981) (Figure 2),
IASP91 (Kennett and Engdahl, 1991) and later AK135
(Kennett et al., 1995). PREM introduced for the first time
an anisotropic layer (with the specific case of radial anisot-
ropy with a vertical symmetry axis) in the uppermost
220 km of the mantle. Montagner and Kennett (1996) by
trying to reconcile body wave and normal mode data
showed that a significant amount of radial anisotropy is
Earth’s Structure, Global, Table 1 The 1D structure of the
Earth

Layer (Km)

0–80 Lithosphere (locally varies between 5 and 200 km)
0–35 . . . Crust (locally varies between 5 and 70 km)
35–80 . . . Uppermost part of mantle
35–2,890 Mantle
80–220 . . . Asthenosphere
410–660 . . . Transition zone
35–660 . . . Upper mantle
660–2,890 . . . Lower mantle
2,740–2,890 . . . D00-layer
2,890–5,150 Outer core
5,150–6,360 Inner core

Crust

Moho

Upper mantle

Lower mantle

D″ - layer

Outer core

Liquid-solid
boundary

Inner core

Earth’s Structure, Global, Figure 1 The different layers of the
Earth.
also necessary in the mantle transition zone in a broad
sense between 410 and 900 km depth.

However, important deviations between observed and
theoretical travel times of seismic waves with respect to
1D reference models cannot be explained by these simple
1D models. These differences, though relatively small
(<10%) are due to the existence of lateral heterogeneities
of physical properties within the different layers of the
Earth. In the 1960s, the acceptance of the paradigm of
plate tectonics andmantle convection leads the seismolog-
ical community to a better appraisal of the coupling
between lithosphere and the underlying mantle convec-
tion. Plate tectonics demonstrated that the internal dynam-
ics is very active and that tectonic plates are the surface
evidence of deeper convective phenomena. According to
geodynamic calculations, large lateral variations in tem-
perature must be associated with lateral variations of seis-
mic velocities. This new approach of global geodynamics
has been facilitated by the revolution of broadband seis-
mology in the 1980s (see Seismological Networks), which
came up with the rapid expansion of seismic networks, the
free accessibility of digital data, and more and more pow-
erful computers. Time was ripe for the new era of seismic
tomography (imaging of 3D seismic anomalies) and its
application to global geodynamics.
Mantle convection jigsaw
The investigation of mantle convection is the best example
of the implementation of these new available tools in the
framework of an interdisciplinary approach. Thermal con-
vection in the Earth has been recognized for a long time
(Holmes, 1928; Pekeris, 1935) as the cause of dynamic
processes such as mountain building, volcanic and seismic
activity, and, more recently, of seafloor spreading. With
the advent of plate tectonics, it has become possible to
describe quantitatively the motions at the surface of the
Earth. The plates, considered as rigid bodies, are the sur-
face manifestation of deep-seated movements related to
mantle convection (e.g., Turcotte and Schubert, 2002).
This evidence constitutes the first manifestation of
pecularities of mantle convection, for it demonstrates large
variations in the rheological properties of Earth material
between rigid plates and underlying mantle, which cannot
be explained by 1D models. Meanwhile, hotspots were
identified (Wilson, 1963) and their fixity with respect to
plate motions demonstrated (Morgan, 1971). There is
a good consensus on the origin of plumes in a thermal
boundary layer, but the depth of origin of hotspots is still
an open question. The rheology of the lithosphere and
the existence of hotspots are two simple examples that
illustrate the fact that mantle convection differs in many
respects from “classical” convection (such as Benard con-
vection) observed in usual viscous fluids.

The understanding of mantle dynamics is similar to
a police investigation: Each earth science field provides
miscellaneous and often contradictory clues, which must
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be assembled like a jigsaw puzzle pieces. Different
approaches have been used to characterize and understand
mantle convection (seeMantle Convection). None of them
could provide a general and consistent explanation of sim-
ple features such as the shape and geometry of plates, the
origin of hotspots, and the number of layers in the mantle.
Many questions arose: How is surface geology (conti-
nents, plate boundaries, mountain ranges, hot spots)
reflected at depth? How are characterized the interactions
and the coupling between the different layers of the Earth?
How deep mantle flows affect the surface geology or con-
versely how surface phenomena affect deep dynamics?

Another issue was the characterization of the spatial
scales of heterogeneities at the global scale. Geology
makes evident a multiplicity of scales. Some tectonic
plates are gigantic (larger than 10,000 km), some others
smaller (1,000 km). Continents have as well very various
sizes. The different plate boundaries (subduction zones,
ridges, transform faults) have a very small lateral extent
(a maximum of 100 km except continent–continent colli-
sion zones). Hotspots are even smaller and their role in
global geodynamics cannot be explained by plate tecton-
ics. This multiscale approach is also present for the tempo-
ral scales. Whereas times associated with plate tectonics
count in tens of millions of years, catastrophic events such
as hotspot birth, mantle avalanches, seismic and volcanic
cycles last only for centuries. According to time scales,
rheological properties change. Therefore, natural phenom-
ena are by essence, multiscale and make it necessary
a multidisciplinary approach. The role of geophysicists
consists in quantifying, understanding processes, propos-
ing simple laws in spite of the complexity of processes.

One of the most powerful approach to investigate man-
tle convection is the numerical approach. The basic equa-
tions of physics governing mantle convection are well
known (Navier–Stokes equations and thermal equation
of energy conservation). This system of equations is
very complex and nonlinear, expressed in terms of
adimensional numbers such as the Rayleigh number Ra.
Actual estimates of Ra make it largely beyond the critical
Rayleigh number, which means that mantle convection is
thermally turbulent. In other words, mantle convection is
chaotic at the geological time scales, meaning that the con-
vective flow is not stationary in time and space. With the
rapid expansion of computer facilities, it is now possible
to numerically simulate the equation system. However, it
turns out difficult to reproduce plate behavior with numer-
ical experiments. Laboratory experiments complete the
whole numerical battery, enabling the fine investigation
of some specific phenomena. Material science, by study-
ing physical properties of earth minerals (rheology,
anelastic and elastic properties) at very high pressure
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(by using diamond anvil cells and synchrotrons, etc) also
provide important information on mineralogical composi-
tion of the mantle. Most seismic discontinuities can be
interpreted as pressure- and temperature- induced phase
changes in the olivine system (Birch, 1952), such as the
410- and 660-km discontinuities. However, some compo-
sition changes might also occur around these depths and
deeper in the lower mantle where thermochemical convec-
tion might be predominant.

In that context, the determination of 3D models of seis-
mic parameters of the mantle (also coined tomographic
models) can be considered as a pragmatic approach that
consists in imaging the structure of convection in order
to provide clues to the nature of driving mechanism and
to investigate mantle convective processes, the engine of
plate tectonics. Thanks to the intensive use of computers
that can handle very large data sets, the techniques of seis-
mic tomography (see Seismic Tomography) can image the
3D deep structure of the Earth and provide unavoidable
constraints of possible models of mantle convection and
makes it possible to test different competing hypotheses.
However, the main limitation of seismic tomography is
that it only provides an instantaneous image of our planet
Earth and it is necessary to confront seismic results with
other Earth science fields providing information on the
history of our planet.
Seismic 3D tomography: the Earth scanner
Seismic wave propagation is very sensitive to tempera-
ture, chemical, and mineralogical anomalies. These anom-
alies reflect the active dynamics of the Earth which should
be a dead planet without them. It was observed for many
decades that seismic velocity below old continents is
much larger than the velocity beneath young oceans. This
difference between tectonic provinces can be explained by
a different history: Cratons older than 1 billion years had
a lot of time to get colder, whereas below oceans, the
younger and warmer lithosphere is permanently recycled
within the mantle. An increase in temperature is usually
translated into decrease in seismic velocity, whereas an
increase in pressure is translated into velocity increase.
At a given depth (approximately constant pressure), the
lateral variations of seismic velocity can be primarily
interpreted in terms of temperature variations. A large
variety of tomographic techniques similar to ultrasonogra-
phy or scanner has been developed for getting the 3D
structure of the Earth, notwithstanding the geological
nature of the surface.

The first 3D models of the Earth’s mantle were pro-
posed by the end of the 1970s (Dziewonski et al., 1977;
Sengupta and Toksoz, 1976), but the true revolution of
seismic tomography took place in the mid-1980s when
a complete set of tomographic models was proposed from
the surface down to the center of the Earth (see
Woodhouse and Dziewonski (1984), Nataf et al. (1984),
Tanimoto and Anderson (1985) for the upper mantle,
Dziewonski (1984) for the lower mantle). The present
lateral resolution at global scale for the whole Earth is
approximately 1,000 km. Tomographic models
(Figure 3) fundamentally renewed our vision of Earth
dynamics, and shed new light on deep processes.

At 100 km depth, the distribution of seismic velocity
anomalies reflects the geological surface structure. Almost
all plate boundaries are slow since they are often associ-
ated with active volcanism. In oceanic zones, seismic
velocity increases with the age of the sea floor confirming
the cooling of plates with age. This remarkable agreement
between observed seismic structure and structure deduced
from geology was the first proof of the validity of tomo-
graphic approach. At larger depths, the correlation
between surface geology and seismic structure progres-
sively vanishes and the amplitude of seismic anomalies
decreases. The continental roots can be found down to
250–300 km but mid-ocean ridges are no longer visible.
In contrast, subducting slabs associated with high veloci-
ties can be traced down very deeply. The transition zone
(410–660 km) is still one of the less well-resolved depth
ranges. It is characterized by weak heterogeneities but
the velocity distribution is dominated by a simple scheme,
with high velocities around the Pacific Ocean and slow
velocities below central Pacific and Africa, the so-called
degree 2 pattern (Masters et al., 1982).

At the global scale, it is usual to expand the velocity
anomalies in terms of spherical harmonics Yl

m(y,f),
where y,f are the spherical geographical coordinates,
l the angular degree, and m the azimuthal order. The
spectral amplitude of individual degree l enables the
assessment of the importance of different spatial wave-
lengths l, since l is inversely proportional to l. The
“degree 2 pattern” predominant in the transition zone as
well as in the D00-layer is associated with large-scale
mantle flows, upwellings on both sides of Pacific, and
upwellings below central Pacific and Africa. The spec-
trum of heterogeneities is “red” (see Dziewonski and
Romanowicz, 2007 for a review), therefore dominated
by very large wavelengths but the role of smaller scale
objects such as slabs and mantle plumes is still discussed.

The behavior of slabs in regional studies does not seem
to be uniform (Figure 4a). Some slabs seem to fall down to
the core–mantle boundary (van der Hilst et al., 1997),
whereas others, e.g., beneath Japan (Fukao et al., 2001)
are stagnant in the transition zone. Mantle plumes and
the associated hotspots might initiate continental breakup,
inducing the opening of new ridges of oceans, and might
dramatically affect biodiversity. After plate tectonics, will
we see the development of plume tectonics? There is still
a controversy on the origin of plumes. It is likely that they
do not have a single origin, but can originate from the dif-
ferent boundary layers within the Earth, in the astheno-
sphere, transition zone, and D00-layer. There are still
lively debates about the origin at depth of mantle plumes
(Figure 4b shows an example of plume imaging), and
two opposite extreme models (plate model and plume
model) are summarized in Figure 5. At the base of the
mantle, the D00-layer is still very mysterious since it is
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the probable graveyard of slabs and a good candidate for
being the matrix of some mantle plumes giving birth to
hotspots at the surface of the Earth. The recent and unex-
pected discovery of post-perovskite (Murakami et al.,
2004), which might be present in the lowermost mantle
has implications for the D00-layer that influences the con-
vective mixing in the mantle responsible for plate
tectonics.
An anisotropic and anelastic Earth
Most earth minerals cannot be limited to their isotropic
and elastic properties. When they are deformed over geo-
logical timescales, mineral grains and aggregates tend to
align by lattice-preferred orientation (LPO), which can
lead to bulk anisotropy (see Becker, Seismic Anisotropy).
Additional anisotropy can also come up when crack distri-
bution (in the crust) or fluid inclusions (asthenosphere,
inner core) are present within the material (shape-
preferred orientation, SPO). Water content might also play
a key role in alignment mechanisms (Karato et al., 2008).
In the upper mantle, the different minerals present are
strongly anisotropic. The difference of velocity between
the fast axis and the slow axis is larger than 20%
for olivine, the main constituent of the upper mantle.
Other important constituents such as orthopyroxene or
clinopyroxene are anisotropic as well (>10%) (see
Babuska and Cara (1991), Anderson, (2007), Mainprice,
(2007) for reviews). Consequently, the petrological
models that are assemblages of different minerals are
less anisotropic than pure olivine. The amount of anisot-
ropy is largely dependent on the percentage of these dif-
ferent minerals and on the mechanisms aligning the
crystallographic axes according to LPO. For example,
the anisotropy of the pyrolitic model, mainly com-
posed of olivine and orthopyroxene (Ringwood, 1975),
will depend on the relative orientation of the crystallo-
graphic axes of different constituents (Christensen and
Lundquist, 1982).

For sake of mathematical simplicity, it was usually
assumed that the propagating elastic medium is isotropic,
in spite of the large amplitude of anisotropy in several
depth ranges. And only 1D reference models of attenua-
tion are incorporated in seismic modeling. Global tomo-
graphic models improved over years not only by an
increase in the number of data but also by more general
parameterizations. They are now including anisotropy
(radial anisotropy in Nataf et al. (1984); general slight
anisotropy in Montagner and Tanimoto (1991), and
anelasticity (Romanowicz, 1995). Whereas isotropic het-
erogeneities enable the mapping of hot and cold regions
within the Earth, seismic anisotropy gives access to the
convective flow. Gaboret et al. (2003) and Becker et al.
(2003, 2008) demonstrated that mantle circulation
inferred from geodynamic models is in good agreement
with radial and azimuthal anisotropy distributions
(Figure 6). Seismic anisotropy has many other applica-
tions such as the determination of the base of continental
roots (Montagner, 1994; Gaherty and Jordan, 1995; Silver,
1996; Gung et al., 2003; Debayle et al., 2005), the
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investigation of small-scale convection at the base of the
lithosphere, of convection boundary layers within the
Earth, in the transition zone (Trampert and van Heijst,
2002), D00-layer (see Lay, and Garnero et al.,) and even
within the inner core (see Souriau (2007), Wen in structure
of the inner core).

Because of its strong dependence on temperature, par-
tial melting, and water content, mapping anelastic
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attenuation in the Earth has the potential to provide valu-
able information on Earth’s three-dimensional (3D) struc-
ture and dynamics, in complement to what can be learned
from mapping elastic isotropic velocities and anisotropic
parameters. A significant challenge is to separate the
effects of anelastic (or intrinsic) attenuation from those
of elastic scattering and focusing due to propagation in
elastic 3D structure.

Seismic anisotropy and anelasticity provide new ways
to investigate geodynamic processes within the different
layers of the Earth.
Conclusions and new challenges
So far, global 3D tomographic models are well resolved
for very large spatial scales (>1,000 km). And the global
flow circulation in most of the mantle is dominated by
the “degree 2 pattern.” However, smaller wavelengths
are not so well resolved even though many geological
objects with a lateral extent of the order of 100 km, such
as slabs or mantle plumes play a key role in global
geodynamics.

New innovative numerical techniques for forward
modeling (such as Spectral Element Method) and for
inverse problems (adjoint tomography of Tarantola,
1986; Tromp et al., 2005) are now available and make it
possible to use the full waveforms of seismograms.
Figure 4b shows an image of the Hawaiian plume
(Montelli et al., 2004) obtained by incorporating finite fre-
quency effects. Therefore, we can expect that they should
lead to a new revolution in global tomography.

Impressive progress through global tomography, geo-
chemistry, and mineral physics has been made during the
last 20 years in our understanding of global geodynamics,



Earth’s Structure, Global, Figure 6 Numerical modeling of flow circulation superimposed to 3D tomographic model (Gaboret et al.,
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demonstrating how active and turbulent is our planet. All
layers are heterogeneous, interact, and exchange matter.
The geosciences community must improve the lateral res-
olution and the quality of the 3D images and incorporate
on a routine basis, anisotropy, and anelasticity. There is
a real need for a 3D seismic reference Earth model in
agreement with geological, mineralogical data, and fluid
dynamics modeling.

This progress brings about the expansion of new instru-
ments such as very dense seismic networks on land (e.g.,
US-array, Hi-Net, Euro-Array, . . .), on the sea floor, by
exploring other planets, and by incorporating new data
such as seismic noise (Shapiro et al., 2005; Nishida
et al., 2009) implementing more powerful numerical tech-
niques. Geophysics only provides some pieces for our
puzzling global geodynamics and a multidisciplinary
effort is necessary to fully understand the spatiotemporal
evolution of our planet. The exploration of other telluric
planets will provide other examples of solutions chosen
by nature.
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Earth’s Structure, LowerMantle, Figure 1 Major depth shells of
Earth, along with a number of subdivisions. TZ = transition zone
(the upper mantle between 410 and 660 km depth);
CMB = core–mantle boundary; ICB = Inner core boundary.
EARTH’S STRUCTURE, LOWER MANTLE
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Synonyms
Deep mantle; Deep Earth

Definition
Seismic tomography. An inverse method that utilizes seis-
mic wave travel times and/or waveforms to estimate
Earth’s seismic velocity and density structure, either
regionally or globally.
Forward modeling. The procedure involving the
generation of models that predicts observations, which is
frequently used in deep Earth seismology.
Phase transition. A crystallographic rearrangement of
atoms in a mineral that occurs at high pressure.
D00. The depth shell of Earth occupying the lowermost
200–300 km of Earth’s lower mantle. (Pronounced
“D-double-prime”).

Introduction
Earth’s interior has three fundamentally distinct divisions:
(1) the relatively buoyant and thin outer crust, which aver-
ages roughly 6–7 km in thickness beneath oceans and
30–40 km in continents; (2) the mantle, which extends
to nearly half way to Earth’s center; and (3) the domi-
nantly iron (Fe) core, which has a fluid outer part and
a solid inner part. Figure 1 highlights these basic shells,
along with a number of additional significant mantle sub-
divisions. The mantle is divided into an upper and lower
part, with the boundary near 660 km depth. The upper
mantle has another distinct discontinuity near 410 km
depth. As shown in Figure 2, the dominant mineral in
the upper mantle is olivine, a magnesium-iron silicate
mineral with composition (Mg,Fe)2[SiO4], that undergoes
phase transitions to higher density mineral forms (or poly-
morphs) near 410, 520, and 660 km depths. The region
between 410 and 660 km is referred to as the mantle tran-
sition zone. Below 660 km, mantle silicates undergo
another phase transformation, compacting into the perov-
skite structure, with composition (Mg,Fe)[SiO3], plus
magnesium-iron oxides, (Mg,Fe)O (known as
ferropericlase and also referred to as magnesiowüstite in
earlier literature). In the lowermost several hundred km
of the mantle, a region referred to as D00, perovskite has
been shown to undergo an additional phase transition into
the “post-perovskite” structure (Murakami et al., 2004
[Science]), and depending on the temperature, post-
perovskite might back-transform into perovskite at greater
depth, remaining as perovskite down to the CMB (see
Mantle D′′ Layer). The lower mantle depth shell accounts
for nearly 56% of Earth’s volume, and extends from
660 km depth down to the core–mantle boundary
(CMB) at 2,891 km depth (and thus includes the D00 layer).



670

400

0

P
-w

ave velocity

S
-w

ave velocity

D
ensity

Depth
(km)

4 6 8 10 122
Velocity (km/s), density (g/cm)

2,000

1,000

2,891

a

Olivine

Wadsleyite
Ringwoodite

Mg-Perovskite

Majorite

Opx
C

px
C

a-P
erovskite

M
agnesiow

ustite

Mineral proportion (Vol %)
20 40 60 800 100

Post-Perovskite

b

Earth’s Structure, Lower Mantle, Figure 2 (a) Variations in seismic properties of the Earth’s mantle with depth, from the surface to
the core–mantle boundary, showing the major discontinuities in P-wave velocity, S-wave velocity, and density. (b) Mineralogical
makeup of the mantle. Cpx = clinopyroxene; Opx = orthopyroxene.

EARTH’S STRUCTURE, LOWER MANTLE 155
The major discontinuities throughout Earth’s mantle are
thus well-explained by phase transitions in the olivine-
perovskite system.

While uncertainties are present in our understanding of
the exact compositional make-up of Earth’s mantle, it is
generally believed that magnesium-iron silicate perovskite
is the dominant mineral structure of the lower mantle, pos-
sibly accounting for�80% of the lower mantle, and hence
is the most abundant mineral on Earth. This perovskite
mineral structure is the same as that occurring in well
known electronic and piezoelectric materials, such as bar-
ium titanate. A fundamental difference between the silicate
minerals of the upper mantle and lower mantle perovskite
is that every silicon (Si) atom in perovskite is surrounded
by six oxygen (O) atoms (silicon is octahedrally coordi-
nated), whereas for upper mantle silicates the silicon is
bonded to four O atoms (tetrahedral coordination).
A primary effect of the higher pressure in the lower mantle
is that O atoms occupy a smaller volume, thus more can be
organized around (coordinated with) Si. This more com-
pact rearrangement of atoms in lower mantle phases means
that they have higher density than upper mantle materials,
as well as differences in other properties such as the mate-
rial’s stiffness and resistance to shearing. These changes
affect the velocities of seismicwaves; thus, at depthswhere
phase transitions occur, there are jumps (i.e., discontinuous
increases) in seismic compressional and shear wave speeds
(referred to as P-wave and S-wave velocities, or VP andVS,
respectively). Velocity and density depth distributions in
Earth’s mantle are presented in Figure 2; these values rep-
resent an estimation of the globally averaged properties.

The exact depth of a phase transition in any given min-
eral group depends upon temperature and pressure (and
chemical composition). Earlier conceptions of the lower
mantle (Birch, 1952) postulated that the lower mantle
had a constant composition, and hence the temperature
and velocity variations could by described by simple adia-
batic compression. However, in light of more recent stud-
ies, it is interesting to consider the fact that lateral
temperature variations are likely in the lower mantle,
because the mantle is convecting, and hence phase bound-
aries are not expected to be perfectly flat (e.g., Lebedev
et al., 2002). Rather, they should have relief that directly
relates to the temperature field (or to perturbations in chem-
ical composition, since minerals may transform at different
pressures if there are variations or impurities in the mineral
composition). The Earth presumably was significantly hot-
ter in the distant geologic past (from heat generated during
formation and differentiation of themantle and core), there-
fore we expect phase boundaries in the earliest Earth to
have been at different depths than today.
Tools for studying the lower mantle
Earth’s mass and moment of inertia, determined from
orbital and rotational dynamics, provide important infor-
mation about the planet’s internal density distribution.
These data, combined with assumptions about starting
materials for Earth’s formation from analyses of meteor-
ites, have long indicated a predominantly iron core with
a silicate rock mantle (Carlson, 2003). Seismic studies
early in the twentieth century confirmed the existence of
the core (outer and inner), as well as the fact that the outer
core is liquid (from the absence of shear waves on the
opposite side of the planet following an earthquake,
because shear waves cannot propagate in fluids).
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A number of Earth science disciplines contribute to our
body of knowledge of the lower mantle (and the deep
Earth in general). For example, the field of mineral phys-
ics includes high pressure laboratory experiments aimed
at simulating the pressures and temperatures within the
deep Earth. Predictions of the melting temperature of
iron at the conditions of the boundary between the
inner and outer core (at radius of �1,220 km), as well as
measurements delineating the temperature of the olivine
to perovskite plus ferropericlase phase transition at
660 km depth provide two important temperature tie-in
points that help to constrain Earth’s geotherm; tempera-
ture must be extrapolated from these points toward the
CMB, where a very large temperature jump occurs. Based
on such studies, the top of the lower mantle at 660 km
depth is at a pressure of about 23 GPa (1 Pa = 1 N m�2

and 105 Pa corresponds to approximately 1 atm of pres-
sure) and a temperature of about 1,800 +/� 200 K (e.g.,
Ito and Katsura, 1989; Frost, 2008). The CMB is at
a pressure of about 130 GPa; the temperature, while less
constrained, has been recently estimated to be about
4,000 +/� 500 K (Van der Hilst et al., 2007). The temper-
ature jump from the CMB to the outermost core may be as
much as 1,000–1,500 K.

A number of notable uncertainties are present that cur-
rently preclude precise knowledge of lower mantle tem-
perature, including the amount of heat-producing
radiogenic materials, the vigor of mantle convection, the
heat flux from the fluid core into the mantle, and important
thermal properties of perovskite at lower mantle pressure
and temperature conditions (e.g., thermal conductivity,
heat capacity, and the coefficient of thermal expansion).
However, using a diamond anvil cell high-pressure device
to achieve pressures as great as those of the lower mantle
and even the core, researchers have recently refined our
understanding about two important characteristics of
perovskite. As mentioned above, perovskite (pv) can
transform into a higher pressure (and density) structure
termed “post-perovskite” (ppv) at D00 pressures (around
120 GPa). Thus, if the systematics of this phase transition
can be well defined from laboratory experiments or theory,
then seismic mapping of the pv! ppv transition depth (as
well as that of possible ppv ! pv back-transformation)
adds an additional temperature tie-in point for the
geotherm (Hernlund et al., 2005). Another discovery
describes a change with increased pressure in the elec-
tronic spin state of iron in magnesiowüstite and perovskite
(a change from a high-spin configuration with a maximum
number of unpaired d-shell electrons to a low-spin config-
uration in which d-shell electron pairing is maximized).
Experiments indicate that this will occur between the
depths of 1,000 and 2,200 km (Lin et al., 2007). Current
research predicts that this spin transition may result in
a softer material, which can be more easily compressed
thus increasing the density of the deeper mantle, possibly
affecting convective dynamics.

The vigor of mantle convection plays a central role in
the cooling of Earth. The most commonly used parameter
to determine if convection is occurring and to describe the
strength of convection is the Rayleigh number, Ra:

Ra ¼ agrDTD3

�k
;

where a is the coefficient of thermal expansion, g is the
acceleration due to gravity, r is density, DT is the non-
adiabatic temperature change across the convecting layer
(in this case, the whole mantle) of thickness D, � is the
viscosity, and k is the thermal diffusivity. Ra in the lower
mantle is estimated to be on the order of 107; values
greater than �103 indicate that convection is occurring
and values as high as 107 indicate vigorous convection.
Factors such as the temperature dependence of viscosity
can strongly affect the style of convection. Thus, numeri-
cal convection calculations incorporate our best under-
standing of Earth’s properties and provide important
information about the dynamics and evolution of the man-
tle (and the planet as a whole).

Erupted materials offer an opportunity to study mantle
chemistry. Specifically, some hot spot volcanoes are
thought to be caused by mantle plumes that originate in
the lower mantle. There is currently debate regarding
whether all hot spots tap the lower mantle, as well as the
depth of origin of different plume sources (Courtillot
et al., 2003). However, it is widely accepted that magmas
from hot spot volcanoes contain isotopes that are different
compared to lavas erupted at mid-ocean ridges. This has
led to a view that the lower mantle represents a distinct res-
ervoir that has undergone little or no mixing with the
upper mantle (Hofmann, 1997). Subsequent and ongoing
work continues to challenge that perspective, which we
address in the three-dimensional structure and dynamics
section below.

Seismic imaging is the primary tool that gives us the
ability to map lateral variations of mantle properties from
the upper mantle to the CMB. Seismic tomography pro-
vides an image of the full three-dimensional heterogeneity
field, albeit at relatively long horizontal wavelengths, on
the order of 3,000 km or so (e.g., Ishii and Tromp, 1999;
Ritsema and van Heijst, 2000; Mégnin and Romanowicz,
2000; Grand, 2002). Variations in seismic velocity as well
as density (Trampert et al., 2004; Ishii and Tromp, 2004)
have been mapped, and when compared to surface tecton-
ics, help to depict convective flow in the interior.

Information about the small-scale heterogeneity field is
provided by a number of forward-modeling seismic stud-
ies. For example, some studies have suggested that
small-scale scatterers exist throughout the lower mantle
(Hedlin and Shearer, 2000). Other studies find evidence
for discrete reflectors in some locations, particularly
beneath subduction zones (Rost et al., 2008; Kito et al.,
2008). The exact nature of such small-scale heterogeneity
is unknown, but may indeed relate to an incompletely
mixed mantle, or heterogeneities entrained from the top
(dense material falling) or the bottom (buoyant material
rising).
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Three-dimensional structure and dynamics
For decades, it has been known that Earth’s mantle con-
tains significant lateral variations in seismic properties,
which are due to variations in temperature and or chemical
composition compared to the local average properties.
Results from seismic tomography depict VP, VS, and
r changes throughout the mantle. Variations are neither
expected nor detected in the fluid outer core; the extremely
low viscosity and relatively fast convection promote
homogenization (Stevenson, 1987). Seismically detected
mantle heterogeneity is the strongest in the outermost few
hundred kilometers of the mantle (i.e., near the planet’s
surface), due to the strong variations in temperature and
composition associated with plate tectonic andmantle con-
vection processes (Masters et al., 2000). The next most
seismically heterogeneous depth shell is the D00 region at
the base of the mantle (see Mantle D′′ Layer). Figure 3
shows seismic velocity variations in the lower mantle. D00
silicate rock is juxtaposed against the fluid iron outer core,
which represents roughly a 75% increase in density. Thus,
the mantle side of the CMB can accommodate long-lived
stable structures over a wide range of densities (between
the mantle and core density); it is possible that cumulates
denser than average lowest mantle silicates can survive
entrainment by the convective currents in the overlying
mantle (e.g., McNamara and Zhong, 2005). However,
other possibilities are viable (Deschamps et al., 2007).

The lower mantle above D00 displays variability in seis-
mic properties, but at a much weaker level than that
imaged at the top and bottom of the mantle. In some
regions it is plausible that low amplitudes of mid-mantle
heterogeneity may reflect our limited ability to confidently
image the mantle there (due to a lack of seismic informa-
tion because earthquakes and seismic recorders are not
uniformly distributed on Earth). Nonetheless, all seismic
tomography studies to date agree that heterogeneity is
greater at the top and bottom of the mantle relative to the
middle of the mantle.

Plate tectonics involves the creation of plates at mid-
ocean ridges, and destruction or consumption of plates at
subduction zones, where the cold and dense oceanic crust
and lithosphere (compared to the surrounding mantle)
descend into the interior. Tomographic analyses have
shown that planar features with high wave speeds beneath
subduction zones (e.g., Grand et al., 1997) are consistent
with cold material subducting deep into the lower mantle.
While the penetration depth of subducting slabs is not ade-
quately constrained beneath all subduction zones, it is
widely accepted that most slabs descend through the
660 km discontinuity, in some cases reaching to the
CMB (such as beneath the Caribbean). It is important to
understand the large-scale long-term flux of material from
Earth’s surface to great depths in the interior because of
the significance for long-term (geological time) effects
on surface volatiles, the atmosphere, and global climate.

The amount and rate of mass flux between the upper
mantle down into the lower mantle depends on several
poorly known quantities such as the viscosity of the
descending slab and mantle, the viscosity increase at the
660 km discontinuity, as well as the degree of viscous cou-
pling between the oceanic lithosphere and underlying
asthenosphere (before and after subduction). Time-
integrated mass transfer into (and out of ) the lower mantle
plays a role in long-term mixing and lower mantle resi-
dence time of deep mantle minerals. For example, weak
viscous coupling between slabs and the surrounding man-
tle predicts lower flux rates into (and out of ) the lower
mantle, and hence less mixing between the upper and
lower mantle. A strong coupling between the slab and
mantle predicts the opposite. Current data and predictions
do not yet distinguish between these possibilities.

An analogous dependency between mixing and con-
vective parameters exists for the bottom of the mantle,
where recent work argues for a chemically distinct origin
of tomographically identified large, low shear wave veloc-
ity regions (Garnero and McNamara, 2008). Convective
currents associated with subduction sweep basal dense
material to regions away from downwellings, forming
thermochemical “piles” (Figure 4) (McNamara and
Zhong, 2005). The contrast in properties (e.g., density, vis-
cosity, temperature) between piles and surrounding mantle
will determine the morphology and vertical extent of the
pile material, as well as the degree of entrainment (and
hence its evolutionary behavior). The two, nearly antipodal
low shear velocity regions, one beneath the central Pacific
and the other beneath the southern Atlantic and Africa
(Figure 3), are accompanied (in certain areas) by low-
velocity conduits that are associated with mantle plumes
(Montelli et al., 2004). Thus, the present-day large-scale
structure and circulation pattern of the lower mantle repre-
sent a time-integrated effect of anomalous temperature
and/or chemistry in Earth’s lowermost and uppermost man-
tle boundary layers (D00 and the lithosphere, respectively).

At smaller scale lengths, seismic studies have found
evidence for seismic wave scattering. The imaged size of
heterogeneities in the lower mantle ranges from a kilome-
ter to tens of kilometers in scale (e.g., Vidale and Hedlin,
1998; Wen and Helmberger, 1998). This observation indi-
cates chemical anomalies at a spectrum of physical scales
and a mantle that is not fully mixed. Indeed, analyses of
magmas from hot spot volcanoes have yielded characteris-
tic isotopic signatures distinct from those of mid-ocean
ridge basalts, arguing for unique, possibly isolated deep
mantle reservoirs that feed mantle plumes. Irregular con-
vective patterns (e.g., see Figure 4) are consistent with
such heterogeneities spreading through the lower mantle
as well as being entrained into mantle plumes, but not nec-
essarily in a systematic fashion (since convection patterns
appear multi-scaled and may be complex). Alternatively,
scattering of seismic energy can occur from small pockets
of partially molten mantle material. This scenario has been
motivated by the detection of thin (a few km) laterally
discontinuous layers right at the CMB, called ultra-low-
velocity zones (ULVZs). ULVZs have been argued to
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geodynamics calculations for a model mantle consisting of three
distinct chemistries are shown for the whole mantle, from
Earth’s surface to the core–mantle boundary. Panel (a) displays
the chemical field, showing the bulk of the upper and lower
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(pink) as a second distinct chemistry, and thin ultra-low-velocity
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Earth’s Structure, LowerMantle, Figure 3 Heterogeneity in the
deep mantle at a depth of 2,800 km is seen in the
tomographically derived shear wave speed variations (Ritsema
and van Heijst, 2000). Iso-surfacing at the + 0.7% (blue) and
�0.7% (red) levels show the higher and lower velocity regions,
respectively. Two large low shear velocity provinces are present,
and high velocities tend to be located below present-day (or
recent past) subduction.
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contain some degree of partial melt, and hence offer a plau-
sible source of scatters composed of melt pockets (whether
or not they are of a distinct chemical composition).

Future progress
As seismic sensors are deployed in new regions across
Earth’s surface, new geographical regions will be sampled
with greater certainty, and thus our understanding of global
processes will greatly improve. As sensor deployments
become denser (with smaller distances between sensors),
Earth’s deep structure can be imaged with a much greater
resolution. Thus small-scale structures and processes can
be inferred with greater certainty and tied to estimations
of global processes. The seismic work only maps pre-
sent-day structure, which must be put in a dynamical and
evolutionary framework with the predictions from
geodynamical convection calculations, which in turn must
first be informed by an understanding of the material prop-
erties. The latter comes from the field of mineral physics,
both in laboratory experiments at high temperature and
pressure, as well as with computer simulations of material
behavior at the atomic scale. The time evolution of Earth is
also informed by geochemical analyses of erupted mate-
rials and meteorites. Thus, future work that advances our
understanding of the structure, dynamics, and evolution
of Earth’s interior will be multidisciplinary in nature.

Summary
Earth’s lower mantle represents the largest volume of any
depth shell on Earth. It is unique in that its chemistry, struc-
ture, dynamics, and evolution represent a time-integrated
effect of the chemistry and dynamics of the surface (litho-
sphere, asthenosphere) and lowermost mantle (D00, ULVZ,
CMB) boundary layers. The degree to which the lower
mantle is recycled into the upper mantle depends upon
many poorly known convective parameters, such as the vis-
cosity and viscous coupling of descending slabs, as well as
material properties, such as the nature and origin of dense
deep mantle chemically distinct piles. Future work of
improved seismic imaging coupled with continued
advancements in other deep Earth disciplines, such as
geodynamics, mineral physics, and geochemistry, will
greatly help to reduce uncertainties in our understanding
of Earth’s evolutionary pathway, and present-day structure
and dynamical state.

Bibliography
Birch, F., 1952. Elasticity and constitution of the Earth’s interior.

Journal of Geophysical Research, 57(2), 227–286.
Carlson, R. W. (ed.), 2003. Treatise on geochemistry, Vol. 2: Geo-

chemistry of the Mantle and Core. Amsterdam: Elsevier, 586 pp.
Courtillot, V., Davaille, A., Baesse, J., and Stock, J., 2003. Three

distinct types of hotspots in the Earth’s mantle. Earth and Plan-
etary Science Letters, 205, 295–308.

Deschamps, F., Trampert, J., and Tackley, P. J., 2007. Thermo-
chemical structure of the lower mantle: seismological evidence
and consequences for geodynamics. In: Yuen, D. A., et al.
(ed.), Superplume: Beyond Plate Tectonics.Dordrecht: Springer,
pp. 293–320.



EARTH’S STRUCTURE, UPPER MANTLE 159
Frost, D. J., 2008. The upper mantle and transition zone. Elements,
4, 171–176.

Garnero, E. J., andMcNamara, A. K., 2008. Structure and dynamics
of Earth’s lower mantle. Science, 320, 626–628.

Grand, S. P., 2002. Mantle shear-wave tomography and the fate of
subducted slabs. Philosophical Transactions of the Royal Soci-
ety of London A, 360, 2475–2491.

Grand, S. P., van der Hilst, R. D., andWidiyantoro, S., 1997. Global
seismic tomography: a snapshot of convection in the Earth. GSA
Today, 7, 1–7.

Hedlin, M. A. H., and Shearer, P. M., 2000. An analysis of large
scale variations in small-scale mantle heterogeneity using Global
Seismic Network recordings of precursors to PKP. Journal of
Geophysical Research, 105, 13,655–13,673.

Hernlund, J.W., Thomas, C., and Tackley, P. J., 2005. A doubling of
the post-perovskite phase boundary and structure of the Earth’s
lowermost mantle. Nature, 434, 882–886.

Hofmann, A. W., 1997. Mantle geochemistry: the message from
oceanic volcanism. Nature, 385, 219–229.

Ishii, M., and Tromp, J., 1999. Normal-mode and free-air gravity
constraints on lateral variations in velocity and density of Earth’s
mantle. Science, 285, 1231–1236.

Ishii, M., and Tromp, J., 2004. Constraining large-scale mantle
heterogeneity using mantle and inner-core sensitive normal
modes. Physics of the Earth and Planetary Interiors, 146,
113–124.

Ito, E., and Katsura, T., 1989. A temperature profile of the mantle
transition zone. Geophysical Research Letters, 16, 425–428.

Kito, T., Thomas, C., Rietbrock, A., Garnero, E., Nippress, S., and
Heath, A., 2008. Detection of a continuous lower mantle slab
beneath Central America from seismic wavefield migration.
Geophysical Journal International, 174, 1019–1028.

Lebedev, S., Chevrot, S., and Van der Hilst, R. D., 2002. Seismic
evidence for olivine phase changes at the 410-and 660-kilometer
discontinuities. Science, 296, 1300–1302.

Lin, J.-F., Vanko, G., Jacobsen, S. D., Iota, V., Struzhkin, V. V.,
Prakapenka, V. B., Kuznetsov, A., and Yoo, C.-S., 2007. Spin
transition zone in Earth’s lower mantle. Science, 317,
1740–1743.

Masters, G., Laske, G., Bolton, H., and Dziewonski, A. M., 2000.
The relative behavior of shear velocity, bulk sound speed,
and compressional velocity in the mantle: implications for
chemical and thermal structure. In Karato, S.-I., Forte, A. M.,
Liebermann, R. C., Masters, G., and Stixrude, L. (eds.), Earth’s
Deep Interior: Mineral Physics and Tomography From
the Atomic to the Global Scale. Washington, D.C: AGU,
pp. 63–87.

McNamara, A. K., and Zhong, S., 2005. Thermochemical structures
beneath Africa and the pacific ocean. Nature, 437, 1136–1139.

McNamara, A. K., Garnero, E. J., and Rost, S., 2010. Tracking deep
mantle reservoirs with ultra-low velocity zones. Earth and Plan-
etary Science Letters, 299, 1–9, doi:10.1016/j.epsl.2010.07.42.

Mégnin, C., and Romanowicz, B., 2000. The shear velocity struc-
ture of the mantle from the inversion of body, surface, and higher
modes waveforms. Geophysical Journal International, 143,
709–728.

Montelli, R., Nolet, G., Dahlen, F., Masters, G., Engdahl, E., and
Hung, S., 2004. Finite-frequency tomography reveals a variety
of plumes in the mantle. Science, 303, 338–343.

Murakami, M., Hirose, K., Kawamura, K., Sata, Na, and Ohishi, Y.,
2004. Post-perovskite phase transition in MgSiO3. Science,
304, 5672.

Ritsema, J., and van Heijst, H. J., 2000. Seismic imaging of struc-
tural heterogeneity in Earth’s mantle: evidence for large-scale
mantle flow. Science Progress, 83, 243–259.

Rost, S., Garnero, E. J., and Williams, Q., 2008. Seismic array
detection of subducted oceanic crust in the lower mantle.
Journal of Geophysical Research, 113, B06303, doi:10.1029/
2007JB005263.

Stevenson, D. J., 1987. Limits on lateral density and velocity varia-
tions in the Earth’s outer core. Geophysical Journal of the Royal
Astronomical Society, 88, 311–319.

Trampert, J., Deschamps, F., Resovsky, J., and Yuen, D. A., 2004.
Probabilistic tomography maps chemical heterogeneities
throughout the mantle. Science, 306, 853–856.

Van der hilst, R.D., deHoop,M.V.,Wang, P., Shim, S.-H.,Ma, P., and
Tenorio, L., 2007. Seismostratigraphy and thermal structure of
Earth’s core-mantle boundary region. Science, 315, 1813–1817.

Vidale, J. E., and Hedlin, M. A. H., 1998. Evidence for partial melt
at the core-mantle boundary north of Tonga from the strong scat-
tering of seismic waves. Nature, 391, 682–685.

Wen, L., and Helmberger, D. V., 1998. Ultra-low velocity zones
near the core-mantle boundary from broadband PKP precursors.
Science, 279, 1701–1703.

Cross-references
Core-Mantle Coupling
Earth’s Structure, Core
Earth’s Structure, Upper Mantle
Mantle Convection
Mantle D′′ Layer
Mantle Plumes
Mantle Viscosity
EARTH’S STRUCTURE, UPPER MANTLE

Guust Nolet
Geosciences Azur, Sophia Antipolis, France

Definition
The upper mantle is defined as that part of the mantle
between the crust and the phase transition of g-olivine to
perovskite. The total mass of the upper mantle is 1.06 �
1024 kg, about a quarter of the total mass of the mantle.
Its volume, 2.95� 1011 km3, is a third of the total volume
of the mantle.

Until the discovery of a major transition near 660-km
depth, the upper mantle was better known as Bullen’s
“layer B,” extending to 400-km depth. A sharp gradient
or discontinuity in seismic velocity causes a bend in the
travel time curves of P-wave arrivals near 20�, such that
the slowness drops from more than 12 s/deg to 10 s/deg.
This phenomenon was observed as early as 1931 by
Jeffreys, who correctly adopted a suggestion by J.D. Bernal
that it represents a high-pressure modification of olivine.
The modern notion of the upper mantle actually extends
into Bullen’s next layer, “layer C,” which has now been
abandoned as a physically meaningful subdivision.

The depths to the top and the bottom of the upper man-
tle cannot be given precisely because they depend on the
region. The Mohorovičić discontinuity marks the transi-
tion from the crust to the upper mantle, with a density
jump of the order of 10%. It is found at very shallow depth
near ocean ridges where oceanic crust is formed, but
extends to more than 70-km depth beneath the Himalayas
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Earth’s Structure, Upper Mantle, Figure 1 Model pmean, an averaged mantle model for the P velocity from Becker and Boschi
(2002), plotted at six different depths in the upper mantle. The contour interval is 0.5%.
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and the Andes. The “transition zone” between upper and
lower mantle is marked by the transition of olivine
(Mg2SiO4) to its polymorph b-olivine (Wadsleyite) near
410-km depth to g-olivine near 520-km depth and finally
to perovskite (MgSiO3), which occurs near a depth of
660 km, but with variations of�20 km depending on tem-
perature and composition, and possibly with variations
more than twice that large for narrow areas inside hot
plumes and cold slabs. A typical temperature estimate
for the phase transition gives a temperature of about
1,600�C. The upper mantle is one to two orders of magni-
tude less viscous than the lower mantle, and its electrical
conductivity is much lower, with the possible exception
of regions of partial melt.

The upper mantle itself is subdivided into several depth
regions, characterized by their differences in density,
mechanical properties, and/or seismic velocity:
Lithosphere: A strong layer with a viscosity of the order
of 1021 Pa s and a thickness typically about 80–150
km, though it may exceed 200 km beneath old cratons,
representing the rigid “plates.” The temperature gradi-
ent is superadiabatic. The geotherm in the lithosphere
connects the low temperature at the bottom of the crust,
600–900�C under continents but as low as 250�C in the
oceans, to the (approximately adiabatic) temperature in
the asthenosphere (1,200–1,300�C).

Asthenosphere: A mechanically weak layer with viscosity
of the order of 1019 Pa s, characterized by a drop in
S velocity and possibly also in P velocity. This layer is
present under the oceans and the younger part of conti-
nents, but its existence beneath the oldest cratons is
uncertain. It may contain a small degree of partial melt.

Lehmann discontinuity: A positive velocity jump named
after Inge Lehmann who first observed this feature
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beneath Europe and North America near 150-km depth.
It is generally interpreted as a sharp boundary
representing the bottom of the asthenosphere, but not
globally observed (Gu et al., 2001).

“410-km” discontinuity: A globally observed jump over
a narrow depth interval in seismic velocity, marking
the transition from the a ! b phase of olivine near
400-km depth. This transition occurs at a temperature
of about 1,400–1,450�C.

“520-km” discontinuity: Predicted by the phase diagram
for olivine, which transforms to the g phase under cer-
tain temperature conditions, this gradient in seismic
velocities is occasionally observed.

Reflections or refractions from other depths have been
observed – such as the “Hales discontinuity” within the
lithosphere – and are occasionally attributed to a global
physical or chemical transition, but a lack of consistency
between such observations makes it more likely that the
observations should be explained as wave energy returned
from three-dimensional structure rather than from a dis-
continuity that represents an omnipresent layering.

Early regionalized refraction studies of the upper man-
tle already showed a marked variability in P and S velocity
with depth. Surface wave studies, which are the preferred
tool to investigate layers of low velocity, indicate mini-
mum S velocities as low as 4.05 km/s under the western
USA, 4.09 km/s under the East-African Rift, and 4.14
km/s under the Pacific ocean, but body waves show
a minimum Vs as high as 4.63 km/s under the North Amer-
ican craton.

The Lehmann discontinuity is observed in few regional
models, but it is present in the Preliminary Reference
Earth Model (PREM) (Dziewonski and Anderson,
1981), which shows a major velocity increase in Vp of
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Earth’s Structure, Upper Mantle, Figure 4 The depth variations
to the “410-” and “660-” km discontinuities, with respect to
410 and 650 km depth, respectively (From Houser et al., 2008.
With permission from the AGU).
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7.1% at 220 km. By way of compensation, PREM has
only a minor increase of 2.6% from 8.90 to 9.13 km/s at
the “410-km” discontinuity. This, however, disagrees with
all regional observations and reveals a major shortcoming
of the reference model PREM. In fact, the variability in the
velocity jump at 410 km is not very pronounced in the
early refraction models. Typically, Vp in such models
jumps about 5%. An average over seven regional models
gives a Vp jump from 8.78 � 0.06 to 9.26 � 0.03 km/s,
where the uncertainty represents 1 standard deviation.
The jump in Vp at 660 km over the same set of models is
roughly 4%, but more variable than that at 410 km: from
10.22 � 0.20 to 10.72 � 0.10 km/s. Near 660-km depth
model, PREM is in agreement with regional studies.

Though the regional models based on refracted waves
provide the most accurate estimates of absolute velocities,
the velocity–depth relationships represent horizontal
averages over thousands of kilometers. We know that
velocity variations exist over length scales much smaller
than that. New tomographic techniques are able to delin-
eate such variations and allow us to image them.

Tomographic techniques
Knowledge of the three-dimensional upper mantle struc-
ture comes from tomographic techniques, notably:

� Transmission tomography of bodywave delay times for
both P- and S-velocity structure

� Inversion of the splitting of normal mode frequencies
by lateral heterogeneity, for long wavelength heteroge-
neity in both P and S velocity

� Phase or group delay tomography using surface waves,
primarily sensitive to S velocity

� Imaging of waves reflected or converted at discontinu-
ities (“receiver functions”), sensitive to the depth loca-
tion of such discontinuities
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For an extensive overview of transmission tomographic
techniques, see Rawlinson et al. (2010). Each of these
techniques has seen important progress in recent times.
Ray theory is being replaced with first-order scattering
theory that allows for the modeling of the frequency-
dependent dispersion in delay times. Single station (or
“single channel”) stacking of converted or reflected
phases is being replaced by multichannel techniques, in
particular Kirchhoff-type stacking along diffraction
hyperboles much as one does to migrate seismic sections
in exploration seismics (see Bostock, 2009).

Seismic tomography allows the mapping of “anoma-
lies,” or deviations from a regular layering of the upper
mantle. The most remarkable anomalies are listed here:

Subduction zones and the associated low velocity structure
in the mantle wedge can be very clearly imaged because
of increased seismicity when actively subducting. The
observed velocity anomalies are consistent with average
(cold) temperature anomalies of several hundred degrees.

Oceanic ridges are mapped best with surface waves,
which leave the exact depth extent as well as the tem-
perature anomaly somewhat uncertain.

Cratonic roots were originally detected through the large
negative delay times they cause for S waves, consistent
with a cold lithosphere (as much as 400� colder than
oceanic lithosphere), but the depth extent is mapped
using teleseismic surface waves. In the tectosphere
model of Jordan (1981), the high density induced by
the cooling is compensated by a chemical composition
that is depleted in basaltic components.
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Earth’s Structure, Upper Mantle, Figure 5 A west-to-east cross sec
19S, 173W shows the subducting slab as a continuous feature down
deep seismicity (circles). The negative velocity anomaly above the s
volcanism on Fiji and Tonga is indicated by black triangles. Also ind
et al., 1997).
Upper mantle plumes are rather narrow anomalies in the
upper mantle, but can be imaged adequately using body
wave delays as well as surface wave observations from
field deployments of portable seismographs. The veloc-
ity anomalies are consistent with temperature anomalies
of 200–300�C inferred from petrological studies.

Topography of the “410”- and “660”-km discontinuity is
globally imaged using underside reflections of waves
such as SS. This involves some geographic averaging
but topographic anomalies of 20 kmormore are observed.

These anomalies are all visible in the variations of isotro-
pic velocity variations. There is strong evidence, notably
from the birefringence of SKSwaves, that the seismic veloc-
ity in the shallow part of the upper mantle depends locally on
the propagation direction of the wave; under favorable cir-
cumstances, this could in principle allow the mapping of
mantle flow, since the crystal structure is assumed to align
itself to the flow direction. However, at present there is little
agreement between different tomographic models of anisot-
ropy, partly because the SKS information is insensitive to
depth, while the crustal correction, which is badly known,
is in itself as large as the signal from anisotropy in surface
waves (Ferreira et al., 2010).

Global models
Becker and Boschi (2002) review a large number of global
tomography models of the mantle, and construct average
models from a small selection of global models.

The map views displayed in Figures 1 and 2 illustrate
the global features that are present in the upper mantle:
Tonga arc
volcanoes

0% 3% 6%

ELSC

tion through the Tonga subduction zone crossing the trench at
to 600 km depth (blue positive anomaly), and coinciding with the
lab represents most likely the effect of dehydration. Active
icated are the Central and Eastern Lau Spreading Centers (Zhao
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old continental shields (Canada, Scandinavia, Western
Australia, west and south Africa) are characterized by high
S velocities down to depths of about 250 km. These anom-
alies extend to more than 400 km in the maps of P velocity,
but P-wave delay times lack the depth resolving power that
the surface wave data give to the S tomography. The oce-
anic ridges extend at least to 150-km depth in the
S-velocity maps (Figure 2). The oceans are generally char-
acterized by low S velocity throughout much of the upper
mantle, with the exception of the S Atlantic and the west-
ernmost Pacific. Plume-like anomalies, with a high degree
of vertical continuity in the upper mantle, are visible in the
P-velocity model beneath Hawaii, Society Islands (Tahiti),
the East-African rift area (Afar). For a proper imaging of
plumes, tomographic techniques that correct for the effects
of diffraction around small or narrow anomalies are more
suitable. Figure 3 shows models PRI-05 for P and S veloc-
ity in the upper mantle from Montelli et al. (2006), which
clearly show a number of narrow upper mantle plumes.

Underside reflections from the upper mantle discontinu-
ities allow the depth variations to the “410-” and “660-km”
discontinuity to be mapped globally. This has most recently
been done by Houser et al. (2008) using precursors to SS
waves (Figure 4).
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Earth’s Structure, Upper Mantle, Figure 6 A view from the
north-east at the subducted Farallon slab beneath western
North America shows major ruptures that allow mantle rock to
flow around it, such as the “slab gap” indicated by the broken
line. The slab itself is delineated by a surface with an anomaly of
+0.4% in P velocity (high velocity anomalies associated with the
lithosphere are not mapped). The location of Yellowstone,
another suspected passage of hot mantle rock toward the
surface, is indicated by the arrow. Numbers along the axes
indicate depth in kilometer, latitude, and longitude (negative for
West). Color shading indicates depth. The plate boundaries
between the North America, Pacific, and Juan de Fuca plates are
indicated as purple lines at the surface (Figure courtesy Karen
Sigloch).
Regional models
Regional studies are able to offer a better resolution than the
global efforts, certainly when using data from large and
dense seismic arrays such as Skippy (Australia), USArray
(USA), or HiNet (Japan), but also using temporary deploy-
ments of portable seismic arrays. Efforts to image the upper
mantle beneath them have led to very precise images of sub-
duction zone structure in particular. Figure 5 shows the slab
subducting in the Fiji–Tonga region.

Though this slab image is continuous down to 600-km
depth, slab geometry in the upper mantle is very variable.
Whereas some slabs remain for at least some time lodged
in the transition zone others have no trouble sinking
through the phase transition barrier at 660-km depth, with
a negative Clapeyron slope and an increase of as
much as two orders of magnitude in viscosity (Fukao
et al., 2001).

A very different fate of subducting slabs is shown for
the now inactive Farallon subduction beneath western
North America, where the former Farallon plate is slowly
disintegrating, lettingmantle rock flow throughmajor rup-
tures such as the “slab gap” in Figure 6 (Sigloch et al.,
2008).
Outlook
It is now clear that the simple, layered, models of the upper
mantle are inadequate to explain many of the dynamic
processes we observe at the Earth’s surface. The resolving
power of tomographic techniques is still growing because
of theoretical improvements and the densification of seis-
mic networks. The coming decades will undoubtedly
reduce the high degree of nonuniqueness that still plagues
tomographic images, and allow for more reliable
estimates of temperature and anisotropy. New instrumen-
tation will open up the oceans for dense seismic
observations.
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Synonyms
Luminous phenomena associated with earthquakes

Definition
Earthquake lights are anomalous luminosities associated
with and presumably caused by the accumulation and
release of stress of the earthquake process, observed prior
to or during a seismic event and/or during the aftershock
sequence. There is some disagreement over whether the
classification Earthquake Lights (EQL) applies to similar
luminous phenomena observed in earthquake-prone areas
or along faults without immediately associated seismic
activity. These may be due to locally high stress levels in
the Earth’s crust that are subsequently relieved without
catastrophic rock failure, or by earthquakes that are too
distant or late relative to the observed EQL.
Classification of earthquake lights
The earliest known report of earthquake lights dates to
373 BCE when the Greek cities Helice and Buris were
destroyed by an earthquake accompanied by “immense
columns of fire” (Seneca). Ancient references will always
be questionable, especially when the surviving accounts
are written later, but such references indicate that the peo-
ple at that time were aware that lights might accompany
earthquakes. Many sightings from various countries
around the world have since been reported. They have
been summarized in a number of papers (see, e.g.,
St-Laurent et al., 2006; Derr, 1973). As a result of exten-
sive observations associated with the Saguenay earth-
quake sequence from November 1988 to January 1989,
St-Laurent (2000) examined and extended earlier EQL
classifications (e.g., Montandon, 1948). Six types of lumi-
nous phenomena have been documented:

1. “Seismic lightning,” similar to ordinary lightning, but
seismic lightning is typically of longer duration, some-
times illuminating large areas of the sky from below
without thunder. “Seismic lightning” can be mistaken
for “sheet” or “heat” lightning at night, which is too
distant for thunder to be heard.

2. Luminous bands in the atmosphere at indeterminate
height, sometimes horizontally or vertically and some-
times in a bundle, similar in appearance to some polar
auroras although at much lower altitude, possibly even
extending from the ground level upward.

3. Globular incandescences (moving or static), some-
times attached to luminous bands, called “orbs,”
“globes,” or “meteors.” They have the appearance of
ball lightning, for example, of luminous spheres float-
ing in midair, sometimes coalescing, lasting for up to
a few minutes.

4. Fire tongues, small “flames” flickering or creeping
along or near the ground, or like ignis fatuus.

5. Seismic “flames” seen emerging from the ground like
an evanescent gas flame but very rarely causing visible
burns.

6. Coronal and point-discharge-like lights.

A possible seventh type might be “luminous clouds” like
those filmed shortly before the M7.9 Wenchuan, China,
earthquake of May 12, 2008 (Panoramio photo, 2008).
These are phenomena in the high atmosphere, similar to
“fire rainbows,” possibly linked to processes at the upper
edge of the atmosphere, and/or to ionospheric
perturbations.
Examples of EQL
While reliable pictures of EQL are scarce, one example of
type 1 comes from theMatsushiro earthquake swarm from
1965 to 1967, Figure 1 (Yasui, 1968, 1971; discussed in
Derr, 1973). An example of type 3 was photographed at
Tagish Lake, Yukon Territory, Canada, Figure 2 (Jasek,
1998). While it is not possible to say that this picture is
definitely EQL, these orbs are typical of the most-
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frequently observed EQL, as described by Montandon
(1948). The only known photo of “flames,” type 5, was
taken during the aftershock sequence to the Vrancea,
Romania, earthquake on March 4, 1977, Figure 3
(Hedervari, 1983; discussed in St-Laurent, 2000).
A sketch of type 6 comes from the account by Joseph A.
Dallaire during the Saguenay 1988 mainshock, Figure 4
(presented in St-Laurent, 2000). These examples are nota-
ble for the differences they exhibit: illumination of a broad
Earthquake Lights, Figure 2 Earthquake lights from Tagish
Lake, Yukon-Alaska border region, around July 1, probably 1972
or 1973 (exact date unknown). Estimated size: 1 m diameter.
Closest orbs slowly drifted up the mountain to join the more
distant ones (Jasek, 1998). (Photo credit: Jim Conacher, used
with permission).

Earthquake Lights, Figure 1 Earthquake lights from Mt. Kimyo,
Matsushiro area, Japan, September 26, 1966, 0325 (JST).
Luminosity lasted 96 sec (Derr, 1973; Yasui, 1968).
(© Seismological Society of America).
area of the sky, discrete glowing plasmas, evanescent
“flames,” and an electric discharge bursting through the
surface of the Earth. They are representative of a number
of other sightings, although the last one, the rapidly mov-
ing electric discharge, is so far unique in the detail of its
description.

Example of type 3 EQL
Schmidt and Mack (1912; Translation by Steven Soter,
personal communication) give a number of eye-witness
descriptions of type 3 EQL. The most detailed was by
Friedrich Konzelmann, foreman in an Ebingen factory:

On the evening of 16 November between 10 and 10:30 I went
home with my wife. My house is about 200 m from the city
on the national road to Strassberg. As we were about
30m from our house, I heard a distant noise like thunder from
Sigmaringen, followed by a faint vibration. As I glanced in
the direction from which the noise came, I suddenly noticed
at some distance a bright flash from the ground, which then
at a considerable height turned into a ball of light, about the
size of 20 suns. This ball maintained its brightness about
2–3 seconds and then divided itself like lightning in the
direction of Ebingen. In my opinion the earthquake came
from southeast to northwest. The earthquake began with the
lighting of the fireball. After the rolling went past, I looked
backwards to the city and saw above the Katzenbuckel
a similar but somewhat smaller fireball. The whole surround-
ings were brightly illuminated.
Source of EQL and associated electromagnetic
(EM) phenomena
The leading theory of how these various light phenomena
are generated, based on extensive laboratory experiments,
attributes them to effects by mobile positive hole charge
Earthquake Lights, Figure 3 One of five pictures taken around
March 23, 1977 near Brasov, Romania, about 100 km NW from
the Vrancea epicenter and during the aftershock sequence of
the M 7.2 mainshock that occurred on March 4. The image
corresponds to what the witness observed. (St-Laurent, 2000;
Hedervari, 1983) (© Seismological Society of America).



Earthquake Lights, Figure 4 Drawing by artist from witness’ description of a bright, fast moving bluish-white light, preceded
and accompanied by crackling noise emitted by the trees. Laterrière, Québec, 19 km N of the epicenter, observed a few seconds
before the M 5.9 mainshock on November 25, 1988. Not to scale. (St-Laurent, 2000) (© Seismological Society of America).
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carriers, which become activated when rocks are subjected
to high levels of stress (Freund, 2002, 2010). Positive holes
exist in common rocks in a dormant state as peroxy links,
O3Si/

OO\SiO3. Under stress, dislocations sweeping through
the mineral grains cause the peroxy links to break. They
thereby activate positive holes, which flow down stress gra-
dients, constituting an electric current with attendant mag-
netic field variations and electromagnetic (EM) emissions.
As these electronic charge carriers accumulate at the Earth
surface, they create electric microfields strong enough to
field-ionize air molecules and produce EQL. Positive holes
can also recombine at the surface, leading to
a spectroscopically distinct IR emission identified in labora-
tory experiments and night-time infrared satellite images.
The positive hole theory accounts not only for EQL but also
for other pre-earthquake phenomena such as:

1. Air ionization at the ground-to-air interface.
2. Changes in the electrical conductivity of the soil.
3. Geo-electric and geomagnetic anomalies in the Earth’s

crust.
4. Ionospheric perturbations.
5. Ultralow and extremely low frequency (ULF/ELF) and

radio frequency (RF) emissions.
6. Anomalous infrared emissions from around a future

epicentral area.
7. Anomalous fog/haze/cloud formation and unusual ani-

mal behavior.
Conclusion
At present there is no consensus among seismologists on
the phenomenology and physical mechanism of EQL
and associated EM phenomena. However, if the positive
hole theory is correct, the entire suite of pre-earthquake
phenomena, including EQL, may become useful in fore-
casting earthquakes.
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Definitions and introduction
Earthquake (EQ) prediction or forecast is to specify the
source location, magnitude M, and occurrence time of
EQ with certain accuracy before its occurrence. The terms
prediction and forecast are often used with different
nuances, the latter allowing for more stochastic nature.
We will mainly use the former term in this article. EQ
prediction is often roughly classified by the length of
concerned time into Long Term (102–101 years), Interme-
diate Term (101–1 years) and Short Term (<1 year). The
latter of course includes “Imminent” or “Very Short Term”
ones like weeks to hours prediction. EQ precursors are
anomalous phenomena, which take place before EQs so
that prediction is made on their information. This article
will focus on the precursors for Short Term prediction. At
this stage, however, the existence itself of the precursors
has to be more firmly established as a scientific fact and
further details of them must be thoroughly investigated.

Various EQ precursors have been noticed throughout
human history until present day (Tributsch, 1982). They
are mostly short term precursors on animals, plants,
clouds, and sounds (see Earthquake Sounds). Precursors
perceived without aid of scientific instruments are called
macro- or macroscopic anomalies.

Precursors instrumentally recorded are classified into
long/intermediate and short-term ones. Long/intermediate
Term precursors: Active faults serve as geological precur-
sors. Trenching of active seismic faults provides the dates
and displacements of past large EQs, from which those of
the next large EQmay be inferred. Other long/intermediate
precursors include (1) geodetic: land deformation, changes
in sea-level, tilt, strain; (2) seismological: seismic gaps
(see Characteristic Earthquakes and Seismic Gaps),
quiescence (see Seismic Quiescence and Activation),
S wave splitting (see Shear-Wave Splitting: New Geophys-
ics and Earthquake Stress-Forecasting), changes in
micro-seismicity, seismic wave velocity, b-values, charac-
teristic EQs (see Characteristic Earthquakes and Seismic
Gaps); (3) changes in electrical resistivity; and (4) geo-
chemical/hydrological: changes in radon, CO2 and other
gas discharge (earthquakes, thermal anomalies), and level
and temperature of underground water (see Seismic
Signals in Well Observations: pre, co, post). Some, in
particular, those in (3) and (4) serve for short-term EQ
prediction also.

Short-term precursors which are of major concern of
this article are mainly geochemical/hydrological and
electric, magnetic, and electromagnetic (EM). The latter
are changes in (1) geoelectric field (telluric current), geo-
magnetic field, EM emissions at various frequencies
(DC to VLF), (2) transmission properties of man-made
EM waves of VLF to VHF range, (3) Ionosphere (foF2
and total electron contents, TEC), and (4) infrared
(IR) radiation. These changes are measured by
apparatus on the ground or those mounted on artificial
satellite.
History
Zechariah of Israel (ca. 520 BC) is said to have issued the
first long-term EQ forecast, based on the surface rupture of
an EQ in 759 BC. Precursors were recorded as early as in
373 B.C in Greece. Many followed frommany parts of the
world in the form of documents and folklore. In later
years, even larger number of macro-anomalies are kept
accumulated (Tributsch, 1982), now including such items
as radio and TV noise, e.g., at 1995 M7.3 Kobe, 1999
M7.4 Izmit, 1999 M7.7 Chichi EQs (Ikeya, 2004). Most
of the macro-anomalies, however, have not been well
studied systematically, although they apparently played
significant roles, e.g., in the success of 1975 M7.3
Haicheng EQ prediction (Raleigh et al., 1977).

After the 1906 M8.3 San Francisco EQ, through
investigation of geodetic data on faults, the elastic
rebound theory (see Earthquakes and Crustal Deforma-
tion) was developed, laying the theoretical foundation
for EQ prediction. From the 1960s to the 1970s, countries
including USSR, Japan, China, and USA embarked on
national-scale EQ prediction projects. Projects consisted
mainly of statistical approach for long-/intermediate-term
prediction (see Statistical Seismology) but there was also
deterministic approach to short-term prediction. In early
1970s, the dilatancy-diffusion model (Sholtz et al., 1973)
appeared. This model took advantage of results of field
and laboratory studies obtained in various countries, like
10–20% Vp/Vs change in Garm, USSR. (Semyenov,
1969) and USA (Aggarwal et al., 1973), crustal uplift in
Japan (Danbara, 1981), radon emission and electrical
resistivity (Sadovsky et al., 1972) and so forth. All the
quoted precursors, long and short term, appeared to
support the physical picture of the dilatancy-diffusion
model. The famous prediction of the 1975M7.3 Haisheng
EQ also was based on all kinds of precursors (Raleigh
et al., 1977). Intermediate term measures were taken in
June 1974, and short term in December, 1974. Emergency
Alert to the public was issued in the early afternoon of
February 4, 1975, several hours before the main shock to
evacuate the public in time. These and other encouraging
works in the 1960s–1970s made the whole prediction
community highly optimistic (e.g., Press, 1975).

However, the period of optimism did not last long.
First, later studies using controlled sources (McEvilly
and Johnson, 1974) did not confirm the significant change
of Vp/Vs, which was the most critical background of the
dilatancy-diffusion model. Second, for the 1976 M7.8
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Tangshan EQ, no timely alert was issued because there
was no foreshock activity (see Earthquake, Foreshocks),
despite many other precursors, causing the loss of over
240,000 lives (Chen et al., 1988).

In fact, the traditional seismological/geodetic methods
were unable to short term predict any great EQs (seeGreat
Earthquakes) other than the Haisheng EQ. For none of
these EQs, any pre-slip, the most legitimate short-term
precursor from seismological point of view (e.g.,
Shibazaki and Matsu’ura, 1995; Kato and Hirasawa,
1999) has been detected. Yet, the main strategy of Japan
Meteorological Agency (JMA) for short-term prediction
of the Tokai EQ is to catch pre-slips as reported for 1944
M7.9 Tonankai EQ (Figure 1, Mogi, 1985). The Tokai
EQ has already been at a forecasted status for well over
30 years (Ishibashi, 1981). Another well-publicized,
unsuccessful example is the Parkfield case, where M6
class event was predicted in 1985 to come within 5 years
and 72 hour; alert was issued in 1992 (Roeloffs, 1994).
It did not come until 2004, 12 years later (Bakun et al.,
2005).

As a matter of fact, seismological precursors and
methods, such as seismic gap (see Characteristic Earth-
quakes and Seismic Gaps), M8 algorithm (see Earthquake
Prediction, M8 Algorithm), ZMAP (Wiemer and Wyss,
1994), hotspots (Holliday et al., 2006), etc., were not
aiming at short-term prediction. The new development
and discoveries in seismology such the asperity models
(Yamanaka and Kikuchi, 2004), slow/silent EQs (see Slow
Earthquake), and low-frequency nonvolcanic tremors
(Obara, 2002) greatly contributed to the understanding
of EQmechanisms, but their direct relevance to short-term
prediction has not been made clear. Characteristic EQ (see
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Earthquake Precursors and Prediction, Figure 1 Precursory
crustal deformation observed just before the M7.9 Tonankai EQ
in 1944 (Mogi, 1985).
Characteristic Earthquakes and Seismic Gaps) may be the
only case that can be quasi-short-term predictable by seis-
mic monitoring, but they are rare cases. By the late 1970s,
the general view of the main stream community became
entirely pessimistic (e.g., Evernden, 1982). This pessi-
mism has persisted until now, making the word prediction
almost “forbidden.”

It may be noted, however, that numerous undeniable
short-term precursors were observed mainly in non-
seismic/geodetic (non-mechanical) fields. On top of many
macro-anomalies, they were radon, CO2 and other gas dis-
charges, water level and electric, magnetic and EM anom-
alous changes.

Short-term EQ prediction may be realized by a more
intensive search for short-term precursors not only
through traditional, e.g., GPS detected pre-seismic
deformation in Kamchatka as shown in Figure 2 (Gordeev
et al., 2001), pre-seismic velocity changes at the Parkfield
SAFOD drill site (Niu et al. 2008), but also through devel-
oping non-mechanical approach.
Non-mechanical short-term precursors
Difficulties inherent to short-term precursors
Short-term EQ prediction by standard mechanical
approach seems to have scarce chance because the instant
the stress reaches critical state can hardly be pinpointed
by the present seismic or geodetic observations.
Non-mechanical precursors make use of some phenomena
which necessarily occur at that instant as by-products of
the same cause, the stress build-up. The only necessary
condition to make them useful for prediction is that their
critical stress is slightly smaller than that of EQ. EQwould
occur soon after the detection of them, perhaps aided by
the last push of some triggers.

There are two rates to evaluate precursors. One is
success rate, which is the number of successful predictions
divided by the number of issued predictions, and the other
is alarm rate, which is the number of successfully
predicted EQs divided by the number of target EQs. In
applying these evaluating rates, criteria of success and
failure, i.e., the allowable errors in the three prediction tar-
gets, the dates, location and magnitude, must be clearly
stated. When they are presented properly, however,
criticizing them as causal relation is not clear or there are
no other supporting geophysical simultaneous phenomena
seems unreasonable.
Macro-anomalies
Macro-anomalies are numerous and the well-known
examples, after the Haisheng EQ, are 1995 M7.3 Kobe,
1999 M7.4 Izmit, 1999 M7.7 Chichi EQs (Ikeya, 2004),
and 2008 M8.0 Shuchuan EQ (Figure 3, Li et al., 2009).
The causes of modern macro-anomaly precursors, such
as radio, TV noise, malfunctioning of electrical
appliances, are most probably related to pre-seismic EM
emissions.
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Earthquake Precursors and Prediction, Figure 2 The record of possible pre-slip before the M7.8 Kronotskoe EQ in 1997 (Gordeev
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Geochemical/hydrological precursors
Geochemical/hydrological precursors are also diverse.
Examples are discharges of radon, carbon dioxide,
helium, H2, and CH4 (see Toutain and Baurbron 1999).
Among them, radon emission has been most widely
monitored, e.g., the 1976 M7.1 Gazli EQ, Uzbekistan,
the 1985 M8.1 Mexico EQ, and the 1995 M7.2 Kobe
EQ shown in Figure 4 (Yasuoka et al., 2009). Level
changes of underground water are also potential precur-
sors (e.g., Sidorenko et al., 1984 for the 1978 M7.8 Kuril
EQ, Wang et al., 1984 for the Tangshan EQ, Igarashi
et al., 1992 for the 1992M5.9 Tokyo Bay EQ.). Geochem-
ical/hydrological precursors are often observed at
localities far (100 km or more) away from epicenters.
Perhaps their appearances are heavily controlled by local
geological situations such as faults and poroelastic condi-
tions (see Seismicity, Intraplate). For water level and tem-
perature, co-seismic changes are much more eminent and
commonly observed than pre-seismic ones, in contrast to
EM precursors (see later).
Satellite IR images as possible surface temperature
Anomalous satellite IR images as possible ground surface
temperature precursor have been reported over seismic
regions (earthquakes, thermal anomalies). The meaning
of satellite-observed IR anomalies, however, is not clear.
An alternative interpretation is that the satellite-observed
IR image is not a temperature anomaly. When the p-holes
(see later) arrive at the earth’s surface, they recombine
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Earthquake Precursors and Prediction, Figure 3 Abnormal animal behavior observed just before the M8.0 Wenchuan EQ in 2008
(Li et al., 2009). (a) Under free-running conditions, mouse locomotor activity presents circadian rhythm from B18 (18 days before EQ)
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Kobe earthquake

19961992
Year

1988
0

5

10

15

R
ad

on
 c

on
ce

nt
ra

tio
n 

(B
q 

m
−3

)

20

25

1984

Earthquake Precursors and Prediction, Figure 4 Time series of
the daily radon concentration observed from January 1984 to
February 1996. The daily minimum variation is shown by a black
line and the normal variation by a gray line (Yasuoka et al., 2009).
Clear enhancement of radon concentration can be seen before
the M7.3 Kobe EQ.
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to cause a spectroscopically distinct non-thermal IR
emission (Freund, 2009, 2010).

Electric, magnetic and EM precursors
Systematic research on EQ-related electric, magnetic, and
EM phenomena were initiated more or less simultaneously
in varied parts of theworld in the 1980s. This relatively new
branch of science is now called seismo-electromagnetics.

Telluric current precursors: the VAN method
TheVANmethod, developed inGreece since early 1980s, is
named after initials of the founding scientists, P. Varotsos, K.
Alexopoulos, and K. Nomikos (Varotsos and Alexopoulos,
1984a, b). This has been the only working system for real
short-term prediction for more than two decades
(Figure 5). ForM	 5 Greek EQs, the criteria for successful
prediction imposed by themselves are: < a few weeks in
time,<0.7 units in M, and<100 km in epicentral location.
SES (seismic electric signals) are transient DC geopotential
variations observed before EQs by dipoles of buried elec-
trodes at separate sites and continuously monitored at many
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stations (e.g., Varotsos, 2005). At each station, several short
(50~200m) dipoles in both EWandNSdirections and a few
long dipoles (2~20 km) were installed. By adoption of mul-
tiple dipole system they accomplished successful noise
rejection. Single SES precedes single EQ, whereas the so-
called SES Activity, which consists of a number of SES in
a short time, is followed by a series of EQs.

The VAN groupmade twomajor discoveries. One is the
“Selectivity”, which means that only some sites are sensi-
tive to SES, and a sensitive site is sensitive only to SES
from some specific focal area(s). This gives information
for estimating the epicenter area. The selectivity is con-
sidered to be originated from the inhomogeneity of the
subterranean electrical structures, i.e., SES goes only
through underground conductive channels to sensitive
sites. The other is the “VAN-relation” which means
that the focal distance r, EQ magnitude M and the poten-
tial difference DV for dipole of length L are related
by log DV L= � rð Þ ¼ aM þ b where a is a constant
0.34~0.37 and b is a site-dependent constant. Once the
epicentral location is estimated from the selectivity data,
M can be assessed since both DV/L and r are known. The
VAN method has been a contentious subject (e.g., Geller,
1996; Lighthill, 1996). However, it has well survived all
the criticism.

In Japan, VAN-type monitoring has been tried since the
late 1980s (Uyeda et al., 2000). Despite the high-level
noise of DC trains, the existence of the VAN type SES
has been confirmed. In the year 2000, a two-month-long
seismic swarm, with 7,000 M 	 3 shocks and 5 M 	 6
shocks, occurred in the Izu Island region. For this swarm
activity, significant pre-seismic electric disturbances were
observed (Figure 6, Uyeda et al., 2002).

Ultralow-frequency (ULF) precursors
Awell-known example is the case of the 1989M7.1 Loma
Prieta EQ (Fraser-Smith et al., 1990). The horizontal com-
ponent measured at a site 7 km from the epicenter started
anomalous enhancement about 2 weeks prior to and
a sharp increase a few hours before the EQ, as shown in
Figure 7. The disturbance lasted for about 3 months after
the EQ. These have never been observed at any other time
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during the observation of more than 15 years. Reports of
observing pre-seismic ULF geomagnetic anomalies have
been made also for 1988 M6.9 Spitak (Armenia) EQ
(Kopytenko et al., 1993) and 1993M8.0 Guam (Marianas)
EQ (Hayakawa et al., 1996). There are some discussions
pointing out that these ULF signals might have been
artifact ormagnet-telluric origin (e.g., Thomas et al., 2009).
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Earthquake Precursors and Prediction, Figure 7 Amplitude
of the geomagnetic horizontal component at 0.01 Hz band
observed before and after the M6.9 Loma-Prieta EQ
(Fraser-Smith et al., 1990).
Higher-frequency EM emission
Gokhberg et al. (1982) was a pioneering observation of
pre-seismic EM wave emission in the LF range. Asada
and his group in Japan monitored the wave forms of two
horizontal magnetic components of VLF EM waves,
through which apparent incoming directions of VLF
pulses were assessed (Asada et al., 2001). They found that,
a few days before M5 class land EQs within 100 km of
their stations, pulses with fixed incoming direction
appeared and the EQ actually occurred in that direction,
whereas the sources of overwhelmingly more numerous
and stronger noises were moving along with lightning
sources.
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Earthquake Precursors and Prediction, Figure 8 Envelope of the geoelectric signal recorded at the Erimo site over 7 years since
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(3) complete cessation of the magma activity, and (4) the main shock of M8.0 Tokachi-Oki EQ (Enomoto et al., 2006).
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Warwick et al. (1982) reported on the observation of
high-frequency radio waves possibly related to the precur-
sory activity of 1960 Great M9.5 Chilean EQ. This was
probably the first report of this kind. Enomoto et al.
(2006) recorded two events of anomalous geo-electric
current pulses (HF-band) at Erimo station, Hokkaido,
Japan (Figure 8). One in 2000–2001 occurred before and
during the volcanic activity of Mt. Usu (200 km away)
and the second started one month before 2003 M8.0
Tokachi-Oki EQ (80 km away). These were the only
anomalies during their 10-year observation period.

Possible mechanism of pre-seismic EM emissions
It is often questioned why EM signals, such as SES,
appear only pre-seismically and not co-seismically. This
point makes scientific community dubious about



EARTHQUAKE PRECURSORS AND PREDICTION 175
EQ-related EM precursors in general because EQ is by far
the most energetic event. Actually, co-seismic signals are
routinely observed but they are not useful as precursors.
Moreover, all the so called co-seismic EM signals
observed so far were found to occur at the time of the
arrival of seismic waves. They are, therefore, “co-seismic
wave” and not “true” co-seismic. The fact that no true
co-seismic signals are observed may be an important clue
in exploring the physical mechanism of generation of both
EM signals and EQs themselves. In fact, the slow pre-
seismic stress buildup and the instantaneous stress release
at EQ are physically very different processes and there is
no compelling reason why they generate similar EM
signals.

The generation mechanism is different for different
frequencies. It may be the electro-kinetic effects (e.g.,
Mizutani et al. 1976; Fitterman, 1978) or pressure stimu-
lated current (PSC) effects for DC to low-frequency
signals, and piezo-electric effects and exo-electron
emission (Enomoto and Hashimoto, 1990) for higher
frequency signals. A mechanism involving the positive
holes (p-holes) in rock forming minerals under stress has
also been proposed.

The PSC was proposed by Varotsos and Alexopoulos
(1986). The impurities and vacancies in crystals form
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odds as 2.5 under significance level of 0.01.
randomly oriented local electric dipoles, which align their
orientation in avalanche following an activation process to
generate the electric current. PSCmodel is unique in gener-
ating currents during gradual stress build-up without requir-
ing any sudden change of stress. Freund and his colleagues
are proposing a different mechanism for ULF electric sig-
nals (Freund et al., 2006). They discovered in laboratory that
when a block of igneous rock is put under local stress, the
rock turns into a battery without external electric field. The
charge carriers in this case are semiconductor-type positive
holes (p-holes) which is oxygen in one-valence state. They
attribute the satellite image of pre-seismic IR anomalies to
the result of recombination of two p-hole charge carriers at
earth’s surface asmentioned earlier. However, whether their
model based mainly on experiments on dry rocks works in
nature where rocks are mostly wet is not so far clear.

Although models related to micro-cracking based on
laboratory experiments such as discharge of screening
charge of piezo-electric polarization (Ikeya, 2004;
Yoshida et al., 1997), electrification of fresh crack surfaces
(Yamada et al., 1989), and exo-electron have been pro-
posed, there have been no reliable field reports on the
occurrence of pre-main shock micro-cracking. Further-
more, it might be pointed out that in all these models much
stronger co-seismic signals would be expected.
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Lithosphere-atmosphere-ionosphere coupling
Sub-ionospheric anomalies before large EQs were
reported (e.g., Molchanov and Hayakawa, 1998) through
monitoring 10–20 kHz VLF ship-navigation waves,
although Clilverd et al. (1999) did not obtain similar
results. A decrease in electron density of ionosphere
within 5 days before M	 5 class EQ was found in Taiwan
by the ionosonde measurements of critical plasma fre-
quency, foF2 (see Figure 9, Liu et al., 2006). Fujiwara et al.
(2004) found pre-seismic atmospheric anomalies causing
FM radio transmission anomalies (Kushida and Kushida,
2002) within 5 days before M 	 4.8 EQs. Moriya et al.
(2010) further promoted this study and obtained statistical
relations between the total time length of anomalous
reception and EQ magnitude. The concept of pre-seismic
lithosphere-atmosphere-ionosphere coupling (LAI cou-
pling) arising from these investigations became an impor-
tant issue in precursor studies (Pulinets and Boyarchuk,
2005; Kamogawa, 2006), because some causative factor
should exist in the lithosphere and there should be some
mechanism to transport its energy to the high atmosphere.
Recently, the French satellite DEMETER observed anom-
alous depression of VLF EM wave intensity at iono-
spheric height 0–4 h before EQs, which implies that the
ionospheric disturbance may modulate the VLF propaga-
tion path (Němec et al., 2009). Possible LAI coupling pro-
cesses have been proposed by many researchers but they
are still at hypothetical stage.

Critical phenomena
EQ may be a critical phenomenon defined in statistical
physics (e.g., Bak and Tang, 1989) which means that the
short time EQ prediction is synonym for indentifying the
approach to criticality. Although this is difficult to achieve
(see Main, 1995), it has been recently shown that by
analyzing time-series of seismicity in a newly introduced
time domain “natural time,” the approach to the state of
criticality can be clearly identified (Sarlis et al., 2008).
This way, they seem to have succeeded in shortening the
lead-time of VAN prediction to only a few days (Uyeda
andKamogawa, 2008). This means, seismic data may play
an amazing role of short-term precursor when combined
with SES data.

Summary and future outlook
Most of the precursors mentioned above are possibilities,
but so far they (except VAN’s SES) were recognized or
documented only after main shocks and they gave scarce
constraints on the source location andmagnitudeM.Much
more enhanced research is needed to make them practi-
cally useful precursors.

1. Some macro-anomaly short-term precursors are real.
Scientific research on them is inadequate so far.

2. Seismic and geodetic precursors can be useful for long/
intermediate EQ prediction. However, it is unlikely
that they can be useful short-term precursors in near
future.
3. Non-mechanical precursors, such as some geochemi-
cal, hydrological, and EM precursors, are plausible
candidates for short-term EQ prediction. For sooner
realization of practical short-term prediction, more
research on them should be promoted.
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Definition
An earthquake is a sudden movement within the Earth’s
crust or the upper mantle that releases tectonic stress
and, usually, originates seismic waves. The hierarchy of
movable lithospheric volumes composes a large nonlinear
dynamical system. Prediction of such a system in a sense
of extrapolation of trajectory into the future is futile. How-
ever, upon coarse-graining the integral empirical regulari-
ties emerge opening possibilities of earthquake prediction
(Keilis-Borok et al., 2001).
Earthquake prediction is a statement about future earth-
quake occurrence based on the information, data, and
scientific methods that are available now. To predict an
earthquake, someone “must specify the expected magni-
tude range, the geographical areawithinwhich it will occur,
and the time interval within which it will happen with suffi-
cient precision so that the ultimate success or failure of the
prediction can readily be judged. Only by careful recording
and analysis of failures aswell as successes can the eventual
success of the total effort be evaluated and future directions
charted. Moreover, scientists should also assign
a confidence level to each prediction” (Allen et al., 1976).

Introduction
According to the definition of earthquake prediction one
can classify an earthquake prediction of certain magnitude
range by duration of time interval and/or by territorial
specificity. Four major stages can be distinguished in tem-
poral earthquake predictions: (1) long-term, (2) intermedi-
ate-term, (3) short-term, and (4) immediate (see Table 1).

Long-term prediction is essentially based on the deter-
mination of probabilities of active fault segments to rup-
ture for the next few decades (e.g., Working group on
California earthquake probabilities, 1999). This kind of
prediction can guide engineering and emergency planning
measures to mitigate the impact of a target earthquake.

An intermediate-term prediction for the next few years
is an update of the long-term prediction by some indica-
tors (e.g., an increase in background seismicity, clustering
of events in space and time, transformation of magnitude
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distribution, and some others). The M8 algorithm is
designed for an intermediate-term prediction of earth-
quakes (Keilis-Borok and Kossobokov, 1990).

In the 1980s, P. Varotsos, K. Alexopoulos and
K. Nomicos proposed the VAN method (named after the
researchers’ initials) of short-term earthquake prediction
for the next few months/weeks, which is based on detec-
tion of characteristic changes in the geoelectric potential
via a telemetric network of conductive metal rods inserted
in the ground (Lighthill, 1996).

Immediate earthquake prediction for the next few hours
is sometimes mixed with “early warning,” which is usu-
ally based on the first arrival of seismic waves and trans-
mission of an electronic alert within a lead-time of
seconds. Early warning is used (e.g., in Japan) to shut
down gas and electricity grids and to stop high-speed
trains in the event of a strong earthquake.

Following common perception, some investigators
concentrate their efforts on predicting the “exact” fault
segment to rupture, e.g., the Parkfield earthquake predic-
tion experiment (Bakun and Lindh, 1985), which is by
far more difficult and might be an unsolvable problem
(Main, 1999). Being related to the rupture size L of the
N1

N2

L1

L2

Z1

Z2

B

Earthquake Prediction, M8 Algorithm, Figure 1 General scheme o
the targeted seismic region; seismic sequences in each circle give a
alert (TIP). Right panel presents the plots of the M8 algorithm’s funct
gray; the asterisk denotes the large event occurred; and the white

Earthquake Prediction, M8 Algorithm, Table 1 Classification
of earthquake predictions

Temporal, in years Spatial, in source zone size L

Long-term 10 Long-range Up to 100 L
Intermediate-term 1 Middle-range 5–10 L
Short-term 0.01–0.1 Narrow 2–3 L
Immediate 0.001 Exact 1 L

Spatial accuracy of predictions depends on the source size L of tar-
get earthquakes.
incipient earthquake, predictions could be summarized in
a classification that distinguishes several options of wider
spatial ranges of certainty and not only “exact” mode of
prediction (Table 1). The Gutenberg–Richter power law
relation between the number of earthquakes and their
magnitude suggests limiting magnitude range of predic-
tion, Mmþ ¼ m;mþ Dm½ �, to about one unit or less
(i.e., Dm 
 1).

From a viewpoint of such a classification, the earth-
quake prediction problem might be approached by
a hierarchical, step-by-step prediction technique, which
accounts for multi-scale escalation of seismic activity to
the main rupture (e.g., Keilis-Borok, 1990; Kossobokov
et al., 1999). It starts with term-less recognition of the
earthquake-prone zones (Gorshkov et al., 2003) and then
follows with determination of the areas of different spatial
ranges, where long- and intermediate-term times of
increased probability (TIP) of a target earthquake occur-
rence are estimated. Finally, a forecast may come out with
short- or immediate-term alerts at specific sites.

The M8 algorithm
The intermediate-termmiddle-range earthquake prediction
method, called briefly theM8 algorithm, was designed by
retroactive analysis of dynamics in seismicity preceding the
great, magnitude 8.0+, earthquakes worldwide, hence its
name. The exact definitions and computer code of the M8
algorithm can be found in Keilis-Borok and Kossobokov
(1990), Healy et al. (1992), and Kossobokov (1997).

Prediction is aimed at the earthquakes of magnitudeM,
where M 2 M0;M0 þ Dm½ �= M0+. The territory of the
seismic region under study is analyzed by moving
overlapping circles of the fixed size (by a factor of about
5–10 larger than a source size of target magnitude M0
events) (Figure 1). The sequence of earthquakes with
Large earthquake

TIP

f the M8 algorithm. Left panel: Circles of investigation overlay
description of seismic activity, which is then used to diagnose an
ions (explained below) with time. The interval of TIP is shaded by
dots show anomalously high values of the functions.
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Earthquake Prediction, M8 Algorithm, Figure 2 Prediction of
June 4, 2000,M= 8.0 Sumatra earthquake. The highlighted
overlapping circular areas of alarm determined by the M8
algorithm and the highlighted overlapping rectangular areas of
alarm by the MSc algorithm. The main event and its aftershocks
are marked by circles.
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aftershocks removed is considered within each circle.
Sequences in different circles are normalized to the annual
number of earthquake �N by selecting the lower magnitude
cutoff M ¼ Mminð�NÞ.

For this sequence, several functions are computed in
the trailing time window (t-s, t) and the magnitude range
(M 
 magnitude < M0). These functions include (1) the
number of earthquakes N(t) of magnitude M or greater;
(2) the deviation of N(t) from longer-term trend L(t);
(3) concentration Z(t) estimated as the ratio of the average
source diameter to the average distance between sources;
and (4) the maximum number of aftershocks B(t). Each
of the functions N, L, and Z is calculated twice with
M ¼ Mminð�NÞ for �N ¼ 20 and �N ¼ 10. As a result, the
earthquake sequence is given a robust averaged descrip-
tion by seven functions N1, N2, L1, L2, Z1, Z2, and B
(Figure 1). An alarm or a TIP is declared for 5 years when
at least six out of seven functions, including B, become
“anomalously large” within a time window of 3 years.

Retrospectively the M8 algorithm was applied to pre-
dict earthquakes from different magnitude ranges in
a number of regions worldwide. Its modified versions
targeting earthquakes from magnitude ranges down to
M5.5+ were found efficient in regions of seismic activity
lower than required by the original version (Kossobokov
and Shebalin, 2003; and references therein).
The MSc algorithm
The second approximation prediction method, called
briefly the MSc algorithm (Kossobokov et al., 1990),
was designed by retroactive analysis of the detailed
regional seismic catalog prior to the Eureka earthquake
(1980, M = 7.2) near Cape Mendocino in California,
hence its name,Mendocino Scenario, and an abbreviation.
The MSc algorithm is applied to reduce the area of alarm
by analyzing dynamics at lower magnitude levels of
seismic hierarchy. Sometimes, the data is enough to get
a near-perfect outline of the incipient large earthquake.
More often the catalog of earthquakes is just enough
for the M8 analysis but insufficient for the MSc
application.

Qualitatively, the MSc algorithm determines an area of
the territory of alarm, where the activity recognized by the
first approximation prediction algorithm (e.g., by the M8
algorithm) within a sufficient temporal and/or spatial span
is continuously high and infrequently drops for a short
time. The phenomenon, which is used in the MSc algo-
rithm, might reflect the second (possibly, shorter-term
and, definitely, narrow-range) stage of the premonitory
rise of seismic activity near the incipient source of the
main shock. The MSc algorithm reduces area of the M8
predictions much better (by at least a factor of 2) than
a few simple alternatives like all earthquake-prone or the
most active cells that contain certain part of the recent seis-
mic activity (Kossobokov et al., 1990). Figure 2 shows, as
an example of the M8-MSc forecast in the real time, the
case history of June 4, 2000, M8.0 Sumatra earthquake.
The earthquake prediction algorithms M8 and MSc
receive a fair amount of attention due to ongoing real-time
experimental testing unprecedented in rigor and global
coverage (Healy et al., 1992; Kossobokov et al., 1999).
Relevant predictions are communicated, with due discre-
tion, to several dozens of leading scientists and adminis-
trators in many countries. The accumulated statistics of
this experiment confirm intermediate-term predictability
of large earthquakes with middle- to exact-range of loca-
tion (Kossobokov, 2006). Table 2 summaries the predic-
tion outcomes for the great (magnitude 8.0+)
earthquakes. For the last 25 years, 13 out of 18 great earth-
quakes were predicted by theM8 algorithm, while theM8-
MSc algorithm narrows the area of alarm at the cost of
additional three failures-to-predict. The ratio of the
space-time volume alerted by the algorithms (i.e., alarms)
to the total space-time volume is about 33% in the case of
the M8 algorithm and 17% in the case of the M8-MSc
algorithm. A confidence level estimate tells how sure
one can be that the achieved performance of the algorithm
is not arisen by chance. To bring the confidence
level down to generally accepted value of 95%, the
ongoing experimental testing has to encounter eight
failures-to-predict in a row, which appears absolutely
unlikely to happen.
Targeting mega-earthquakes
The December 26, 2004, M = 9.2 Sumatra-Andaman
(S-A), March 28, 2005, M = 8.5 Nias, and February 27,
2010, M = 8.8 Chile mega-earthquakes, which ruptured
the 1300-, 400-, and 600-km portions of subducting mar-
gins of the Indian and Pacific Oceans, are not included
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Earthquake Prediction, M8 Algorithm, Figure 3 Prediction of
February 27, 2010, offshore Maule, Chile MW8.8 mega-
earthquake. The epicenters of the main shock (star) and its
aftershocks (white diamonds) fill the 600-km portion of the
South American subduction zone, which is about one half of the
major seismic segment recognized (gray outline) as capable of
producing a magnitude M8.0+ event before mid-2012 in the
ongoing real-time experimental testing.

Earthquake Prediction, M8 Algorithm, Table 2 Worldwide performance of earthquake prediction algorithms M8 and M8-MSc

Test period

Large earthquakes

Predicted by

Total

Alarms, % Confidence level, %

M8 M8-MSc M8 M8-MSc M8 M8-MSc

1985–2009 13 10 18 32.93 16.78 99.93 99.98
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in Table 2 because of their rupture size. According to the
M8 methodology, much larger circles of investigation
(CI) with diameter of several thousand kilometers should
then be employed to search for a precursory seismic acti-
vation in advance of mega-earthquakes. An application
of the M8 algorithm targeting M9.0+ earthquakes could
have predicted the S-A earthquake (see http://www.mitp.
ru, section “Predictions”).

Actually, the retrospective application of the M8 algo-
rithm (with the 6,000-km diameter CI) showed that in July
2004 the precursory seismic activation was widespread
over the most of the earthquake-prone areas of the Earth
(Romashkova, 2008). This activation reduced to four clus-
ters of TIPs by 2008. The largest cluster includes S-A and
adjacent major seismic zones from Kashmir in the North-
West to Timor Islands in the East, where March 28, 2005,
Nias, MW8.7 M-earthquake and coupled September 12,
2007, Southern Sumatra, MW8.5 and MW7.9 great earth-
quakes have already confirmed the M8 algorithm diagno-
sis (see http://www.mitp.ru; note that an access to the
current predictions is available only for experts; contact
volodya@mitp.ru for the access code). One of the other
three smaller clusters of TIPs (i.e., the circle centered at
31�S and 70�W) got the confirmation with the occurrence
of February 27, 2010, offshore Maule, Chile MW8.8
M-earthquake (Figure 3).

Figure 3 does not show this CI, but the cluster of TIPs in
four smaller (667-km diameter) CIs of the regular M8
algorithm diagnosis aimed at M8.0+. Evidently, this pro-
vides a narrow-range reduction of the prediction uncer-
tainty acting as the second approximation to diagnosis
aimed at M9.0+.

Conclusion
High statistical significance of intermediate-term earth-
quake prediction methods, achieved in the ongoing exper-
imental testing worldwide, confirms the following
paradigms: (1) precursory seismicity patterns exist;
(2) the dimension of an area where precursory seismicity
pattern appear is by far (about ten times) larger than that
of source zone of the incipient large earthquake; (3) many
precursory seismicity patterns are similar in regions of dif-
ferent seismic and tectonic environment; and (4) some
precursory seismicity patterns are universal. Their analogs
take place in advance extreme catastrophic events in other
complex nonlinear systems.

Our knowledge of earthquake physics and earthquake
dynamics is not sufficient to predict strong earthquakes
with a high accuracy. We do not know well (1) how earth-
quakes, especially large events, originate; (2) when an
earthquake starts, when it stops, and what magnitude
could it be; (3) how and why earthquakes cluster; and
(4) what were the initial conditions of stress state before
a large event in terms of stress transfer.

The scientific community should use the full potential
of mathematics, statistics, statistical physics, and compu-
tational modeling and the data derived from seismological
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(monitoring of physical parameters of earthquakes and
tectonic stress, fluid migration, etc.), geodetic (GPS,
InSAR, and other measurements of the crustal deforma-
tion), and geological (e.g., determination of the time inter-
vals between large earthquakes using paleo-seismological
tools) studies to improve intermediate- and short-term
earthquake predictions (Ismail-Zadeh, 2010).

Though the current accuracy of earthquake prediction
is limited, any scientifically validated prediction can be
useful for earthquake preparedness and disaster manage-
ment, if the accuracy of the prediction is known, even
though it is not high. An inexpensive low-key response
to intermediate-term middle-range predictions described
here is well justified, if even a little part of the total dam-
age due to a strong event is prevented.
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EARTHQUAKE RUPTURE: INVERSE PROBLEM
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In seismology, as in all geophysics, an area of major inter-
est is inverse problems. That is, given the effect, one
would like to determine the cause. The inverse problem
of earthquake source mechanics consists of analyzing
seismograms to obtain detailed information on the earth-
quake rupturing process. In particular, scientists are inter-
ested in how the slip develops over the fault area during
the time period that the two sides of the fault are moving
past one another, at what speed do these two sides slide
past, what the resulting stress drop is, as well as the speed
at which rupture itself spreads out over the fault. Such
information is essential for reliable seismic hazard
assessment.

The solution of this problem is far from trivial, because
it is unstable (Kostrov and Das, 1988), and from the com-
putational point of view, this instability manifests itself as
non-uniqueness of the solution. Adding constraints to the
solution of the relevant equations has been shown to stabi-
lize the problem. Such constraints appear best when based
on the physics of problem, that is, the physics of the earth-
quake faulting process. Unfortunately, our knowledge of
the physics of the earthquake process is still rather limited.
So, seismologists have had to use those few properties that
are considered to be reliably known. For example, forward
modeling showed that it is not likely that there is major
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back-slip on the fault. So, a constraint that is often used is
the requirement that the slip rate vector be positive, that is,
no back-slip is permitted on the fault. While, in principle,
slip in the opposite direction is possible due to interference
of waves on the fault, especially at the fault edges, experi-
ence from three-dimensional forward modeling shows
that this is unlikely. This constraint has been used by
Olson and Apsel (1982), by Hartzell and Heaton (1983),
and by Das and Kostrov (1990, 1994), among others, and
has been shown to stabilize the solution. Other possible con-
straints, such as requiring the solution to be in agreement
with the seismicmoment obtained from the centroidmoment
tensor solution or from geodetic measurements, or, requiring
the fault rupture speed to be limited by some wave velocity,
can also been used. Further constraints such as requiring the
maximum slip rate on the fault to be limited by some consid-
erations from fracture mechanics, could be considered. It has
been found that minimizing the seismic moment often pro-
vides stable solutions.

As stated by Olson and Apsel (1982), in order for
a particular rupture process to be an acceptable solution
to the inverse problem it must satisfy the following three
conditions:

1. The solution must explain the data.
2. The solution must be physically reasonable (consistent

with independent constraints).
3. If more than one solution fits the data equally well,

additional information must be supplied to uniquely
define which solution is being obtained.

The rupture process is solved for by determining the
slip rate distribution over the fault with time, and the entire
rupture process is reconstructed from it. For example, the
final slip distribution is found simply by integrating
the slip rate distribution over time. The rupture speed
can be found simply by tracking the rupture front, and so
on.

To invert for the three-dimensional slip rate distribution
(two spatial dimensions on the fault and time) is
a computationally difficult task. Not surprisingly, simpli-
fied methods of solving the problem have been used. For
example, in order to reduce the number of unknowns,
one often restricts for how long a point on the fault can
slip. But, in reality, if some region of the fault re-slips, or
has delayed slip, both shown to be feasible in forward
models, this may not be found by the solution. This restric-
tion would inhibit discovering fault complexity. The
discretization itself may implicitly impose some constraint
on the solution. It is thus important to ensure that the solu-
tion methods do not impose any implicit (and unknown)
constraints on the solution, and if implicit constraints are
unavoidable, they must be kept in mind when interpreting
such solutions in geophysical terms.

To formulate the problem, we start from the representa-
tion theorem (e.g., Aki and Richards, 1980), where the
ground displacement at a station located at a point x, on
the Earth’s surface can be expressed in terms of the slip
distribution over a fault S as
ukðx1; t1Þ ¼
Z t1

0
dt
ZZ

S
Kikðx1; x; t1; tÞaiðx; tÞdS (1)

where i; k ¼ 1; 2; 3, ukðx1; t1Þ are the components of the
displacement vector, aiðx; tÞ are the components of the slip
and Kikðx1; x; t1; tÞ are the components of the impulse
response of the medium at ðx1; t1Þ, due to a dislocation
point source at ðx; tÞ. Assuming a planar fault and the slip
direction on the fault to be constant, we can write, after
some transformations:

Sjðt1Þ ¼
Z t1

0
dt
ZZ

S
Wjðx; t1 � tÞ _aðx; tÞdS (2)

where j identifies the station and ground displacement
components of the seismogram Sðt1Þ, Wjðx; tÞ is the
Heaviside response of the medium at ðx; tÞ corresponding
to a fixed slip direction, _aðx; tÞ is the fault slip rate, the
two-dimensional vector x gives the position on the fault
relative to some reference point (for example, the earth-
quake hypocenter) and t is the time measured from the ori-
gin time of the earthquake. With a continuous distribution
of stations, Equation 2 would represent an integral equa-
tion of the first kind (and such equations are known to
be unstable).

The following additional constraints are often used:

_aðx; tÞ 	 0 for allðx; tÞ (3a)

_aðx; tÞ ¼ 0 for t < TðxÞ (3b)
where, t ¼ Tðx Þ gives the boundary of the area where slip
is permitted (due to some chosen causality condition) at
time t. Note that this is not the actual rupture front, which
should not generally by assigned a priori, and should be
determined as part of the solution.
Z ?

0
dt
ZZ

S
mðxÞ _aðx; tÞdS ¼ M0 (3c)

where M0 is the seismic moment and m is the modulus of
rigidity of the medium. The constraint (3a) is the “no-
back-slip” or the “positivity” constraint, the constraint
(3b) is a “causality constraint,” which could be taken as
the P- or S-wave causal front, or any other chosen region.
The constraint (3c) is the “seismic moment constraint.”

We restrict this discussion to long-period body waves at
teleseismic distances (“far-field”) because they are less
sensitive to the details of Earth structure. This problem
has been looked at using ground motion data from
seismograms located at regional distances from earth-
quakes, for example, for the 1985 Mexican earthquake
(Mendoza and Hartzell, 1989) and the 1992 Landers, Cal-
ifornia earthquake (Cohee and Beroza, 1994; Wald and
Heaton, 1994), but the problem has not yet been con-
sidered for the case of true “near-field” data where the
higher order terms are kept in the Green function cal-
culations. The (Green) functions Wj for the teleseismic
problem can be calculated using, for example, the ray
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approximation and the Thomson–Haskell technique or
ray-tracing methods to account for the layered crustal
structure at the source and the station. These techniques
take into account all surface reflections near the source
and at the receiver, such as pP, sP, pS, and sS, as well as
all reflections and transmissions at every layer of the
crustal structures. For the numerical solution, the integrals
in (2) must be discretized. For this, the area Swhere slip is
permitted must be divided into a number of cells (usually
square or rectangular) and _awithin each cell approximated
by linear functions in time and along strike and dip (if the
width of the cells are small, the variation along dip can be
taken as constant). The Wj’s must then be integrated over
each cell (analytically, if possible, as done by Das and
Kostrov (1990, 1994)), and the integrals over the fault
are replaced by sums. The time at the source is discretized
by taking a fixed time step,Dt say, and it could be assumed
that the slip rate _a during the time step is a constant, or
varies in some prescribed way, say, linearly with time.
Both the fault area and the total source duration should
be determined as part of the inversion process. One can
use the aftershock area as starting area, and then refine it
further during the inversion. The initial source duration
cannot be longer than the longest record used, in other
words, the time length of the seismograms needs to be
long enough to study the entire source process. It is impor-
tant to keep in mind that at many distances, other phases,
such as core reflections, arrive within this time window,
and either the seismogram used has to be terminated at
this time, or these additional phases correctly modeled.
Unfortunately, often, neither is done in some studies,
based on the incorrect assumption that such reflections
are always small compared to the direct arrivals. The
seismograms are sampled at some chosen time step Dt1,
not inconsistent with the spatial cell size of the fault and
time step of the source duration. Then Equation 2 takes
the form

Ax � b (4)

where A is the matrix obtained by integration of Wj, each
column of A being a set of Green function seismograms
for all stations corresponding to different cells and time
instants of the source duration, ordered in the same way
as the observed seismograms. The arrangement of Equa-
tion 4 is shown in Figure 1. Different stations and compo-
nents can be weighted differently in Equation 2. This is
very useful when inverting P- and S-waves
simultaneously.

For the discrete problem, condition (3a) becomes:

x 	 0; (5a)

the inequality meaning that every component of x is non-
negative. The condition (3b) can be replaced by

xi ¼ 0 (5b)

for those i corresponding to cells and time samples outside
the “rupture front” and the condition (3c) becomes:
Scixi � M0 (5c)

where ci is time-independent and for each cell is equal to
the product of the average rigidity multiplied by the area
of the cell. So, the inverse problem has been reduced to
the solution of the linear system (4) under one or more
of the constraints (5). In the system (4), the number of
equations,m, is equal to the total number of samples taken
from all the records involved and the number of
unknowns, n, is equal to the number of cells multiplied
by the number of time steps at the source. We shall take
m > n to reduce the influence of the noise contained in
the observations b on the solution. Then, the system
(4) is overdetermined and we can only obtain a solution
x that provides a best fit to the observations, under con-
straints (5). It is important to note that, in theory, for the
constrained system, it is not necessary for m > n, though
it has been so in all actual studies of earthquakes.

It is now well understood that the matrix A can be ill-
conditioned, which implies that the system (4) admits more
than one solution, equally well fitting the observations. The
constraints (5) are introduced just for the purpose of reducing
the set of permissible (feasible) solutions. When a “best-
fitting” solution is obtained, other solutions almost satisfying
the equations are also of great interest. This is because the
data used in geophysical applications often contains noise
and the models used are themselves approximations to real-
ity, so that the “best-fitting” solution may not represent actu-
ality. In addition, though the different solutions may be very
close together in data-space, it is possible that they may be
somewhat different in model space. Thus, more than one
solution must be found and the set of (almost) equally
well-fitting solutions examined to find features common to
the solutions. To examine the stability of the inverse prob-
lem, Das and Kostrov (1990, 1994) obtained not only
a “best-fitting” solution but also investigated the solution
space around it. These other solutions, though they may lie
very close to one another in model space, may physically
represent rather different solutions. Das and Kostrov (1990,
1994) suggested additional tests to determine the robustness
of such features. Only features clearly required by the solu-
tions should be interpreted in a geophysical context.

For the system of Equations 4 together with the con-
straints (5) to comprise a complete mathematical problem,
it is necessary to formulate the exact form of what the
“best-fit” to observations means. We include only con-
straint (5a) in the mathematical formulation for the sake
of simplicity, the inclusion (5b) and (5c) being simple,
and is discussed, for example, by Das and Kostrov
(1990, 1994).We have to minimize the vector of residuals:

r ¼ b� Ax (6)

For this purpose, some norm of the vector r must be
adopted. One may choose to minimize the ‘1, the ‘2, or
the ‘? norm, all three being equivalent in the sense that
they tend to zero simultaneously. Hartzell and Heaton
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Earthquake Rupture: Inverse Problem, Figure 1 Schematic showing the arrangement of the linear system Ax = b.
A simplified faultingmodel is shown at the top, with three spatial cells along the fault length and one cell along its width. The rupture
initiates at time step 1, in cell A, marked by the star. Rupture proceeds to the left, breaking cell B and then cell C. The resulting
seismograms are recorded at three stations named U, V, and W. In the matrix A, containing the Green functions, portions relating to
the cells A, B, and C are coded with solid, dotted, and dashed lines, respectively. The vector x is the slip rate in each cell A, B, or C, at
time steps 1, 2, and 3. In reality, there will bemanymore time steps, and Awill havemanymore columns. If only cell A is allowed to slip
at the first time step, by invoking the causality condition, then the unknown slip rates xB1 and xC1 will vanish. The vector of
seismograms b simply consists of the seismograms at the stations, placed one after another, but having the appropriate sample length
consistent with the l.h.s. of the equation.
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(1983) used the ‘2 norm to solve the optimization problem
with the positivity constraint, employing computer pro-
grams in Lawson and Hanson (1974). Das and Kostrov
(1990, 1994) have used the linear programming method
(Press et al., 1986) to solve the system (4) and minimize
the ‘1 norm subject to the condition (5a). The ‘1 norm is
considered more robust (Tarantola, 1987), and Hartzell
et al. (1991) have investigated the effect of minimizing
different norms on the solution, and shown that the most
robust features are properly obtained in the solutions,
whichever norm is used. Das and Kostrov (1990, 1994)
have checked that when the ‘1 norm is minimized, the ‘2
and the ‘? norms for the solution are also small.

In reality, the actual scale at which the rupture propaga-
tion takes place in the Earth is microscopic, whereas the
inverse problem must be solved using finite grids. There-
fore, it is important to consider how well the inverse solu-
tion obtained gives a picture of the actual solution. To do
this, it is necessary to decide how large the cells in the
inversion should be. Clearly, the smaller the cells, the bet-
ter the approximation to the integral equation being solved
(Equation 1), but the larger the number of unknowns. On
the other hand, though the approximation to the integral
equation improves by going to smaller and smaller cells,
the condition number of the matrix increases (due to col-
umns becoming very similar) making the problem more
and more unstable. As pointed out by Backus and Gilbert
(1967), since the amount of data is finite, the problem of
finding a continuous function from it is indeterminate. In
other words, the stability of the system of equations
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decreases (that is, the condition number of the matrix A
increases) as we use finer and finer discretization of the
fault for the inversion. Das and Suhadolc (1996) and Das
et al. (1996) have suggested that synthetic tests using arti-
ficially created data should be used to best estimate the
spatial and temporal grid sizes. It is important to keep in
mind that the spatial and temporal grid sizes should be
consistent. Henry et al. (2000) have also compared the
Green functions obtained using various grid sizes to aid
in the grid size selection. Sarao et al. (1998) have studied
the effect of nonuniform seismic station distribution
around the earthquake epicenter.
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Finally, we discuss some examples of what we have
learned regarding the mechanics of the earthquake source
from the solution of such inverse problems. The first great
earthquake for which the slip history and distribution was
obtained was the great Mw 8.0 Michoacan, Mexico earth-
quake in 1985 (Mendoza and Hartzell, 1988). It was found
that the main slip took place in two patches on the fault,
and that aftershocks occurred in the regions of low fault slip
or regions of transition from high to low slip, that is, where
stresses were increased due to the earthquake. Many studies
since then are summarized by Das and Henry (2003), and
from them we have learned important features of earthquake
mechanics. For example, the Mw 8.1 Antarctic plate earth-
quake in 1998 showed that ruptures can jump over barriers
as large as 70–100 km and then continue propagating signif-
icant distances. The Mw 7.8 Wharton Basin earthquake in
2000 in the Indian Ocean showed that rupture could occur
simultaneously on both nodal planes.

Some very recent examples include the greatMw 8.4 Peru
earthquake in 2001 (Figure 2), which showed how a barrier
on the fault could stall the rupture process (Robinson et al.,
2006a). Based on marine geophysical data from the portion
of the Nazca plate that was subducting in this region, this
barrier was identified as being due to bathymetry (such as
seamounts located on the inner corner of a fracture zone)
related to a subducting fracture zone. Another important
example was the large Mw 7.8 Kunlun, Tibet, earthquake
in 2001 (Figure 3), where it was seen that the rupture speed
during this strike-slip not only exceeded the local shear wave
speed but actually reached the compressional wave speed of
nearly 6 km/s, and propagated for nearly 100 km at this
speed. The fault geometry was shown to be a controlling fac-
tor for the changes in rupture speed along the nearly 400 km
long fault (Robinson et al., 2006b). This has important impli-
cations for earthquake hazard mitigation (Das, 2007).
Summary
In the last 2 decades, seismologists have solved the
“inverse problem” of using broadband digitally recorded
seismograms to infer the details of the earthquake ruptur-
ing process. The theory and some examples of particular
earthquakes studied are given.
Bibliography
Aki, K., and Richards, P. G., 1980.Quantitative Seismology: Theory

and Methods. New York: W.H. Freeman.
Backus, G., and Gilbert, F., 1967. Numerical applications of

a formalism for geophysical inverse problems. Geophysical
Journal of the Royal Astronomical Society, 13, 247–276.

Backus, G., and Gilbert, F., 1968. The resolving power of gross
earth data. Geophysical Journal of the Royal Astronomical Soci-
ety, 16, 169–205.

Cohee, B. P., and Beroza, G. C., 1994. Slip distribution of the 1992
Landers earthquake and its implications for earthquake source
mechanism. Bulletin. Seismological Society of America, 84,
692–712.

Das, S., 2007. The need to study speed. Science, 317(5840),
905–906.
Das, S., and Henry, C., 2003. Spatial relation between main earth-
quake slip and its aftershock distribution. Reviews of Geophys-
ics, 41(3), 1013, doi:10.1029/2002RG000119, 2003.

Das, S., and Kostrov, B. V., 1990. Inversion for seismic slip rate and
distribution with stabilizing constraints: application to the 1986
Andreanof Islands earthquake. Journal of Geophysical
Research, 95, 6899–6913.

Das, S., and Kostrov, B. V., 1994. Diversity of solutions of the prob-
lem of earthquake faulting inversion. Application to SH waves
for the great Macquarie Ridge earthquake. Physics of the Earth
and Planetary Interiors, 85, 293–318.

Das, S., and Suhadolc, P., 1996. On the inverse problem for earth-
quake rupture. The Haskell-type source model. Journal of Geo-
physical Research, 101, 5725–5738.

Das, S., Suhadolc, P., and Kostrov, B. V., 1996. Realistic inversions
to obtain gross properties of the earthquake faulting process,
Special issue entitled Seismic Source Parameters: from Micro-
earthquakes to Large Events, ed. C. Trifu. Tectonophysics, 261,
165–177.

GEBCO, 2003. The GEBCO digital atlas, Centenary edition
(CD-ROM). Liverpool: British Oceanographic Data Centre.

Hartzell, S. H., and Heaton, T. H., 1983. Inversion of strong-ground
motion and teleseismic waveform data for the fault rupture his-
tory of the 1979 Imperial Valley, California earthquake. Bulletin.
Seismological Society of America, 73, 1553–1583.

Hartzell, S., Stewart, G. S., and Mendoza, C., 1991. Comparison of
L1 and L2 norms in a teleseismic waveform inversion for the slip
history of the Loma Prieta, California, earthquake. Bulletin of the
Seismological Society of America, 81, 1518–1539.

Henry, C., Das, S., and Woodhouse, J. H., 2000. The great March 25,
1998 Antarctic Plate earthquake: moment tensor and rupture his-
tory. Journal of Geophysical Research, 105, 16097–16119.

Kostrov, B. V., and Das, S., 1988. Principles of Earthquake Source
Mechanics. Appl. Math. Mech. Ser, 30, 1241–1248. New York:
Cambridge University Press.

Lawson, C. L., and Hanson, R. J., 1974. Solving Least Squares
Problems. Englewood Cliffs: Prentice-Hall.

Mendoza, C., and Hartzell, S. H., 1988. Inversion for slip distribu-
tion using teleseismic P waveforms: North Palm Springs, Borah
Peak, and Michoacan earthquakes. Bulletin. Seismological Soci-
ety of America, 78, 1092–1111.

Mendoza, C., and Hartzell, S. H., 1989. Slip distribution of the
19 September 1985, Michoacan, Mexico, earthquake: near-
source and teleseismic constraints. Bulletin. Seismological Soci-
ety of America, 79, 655–669.

Olson, A. H., and Apsel, R. J., 1982. Finite faults and inverse theory
with applications to the 1979 Imperial Valley earthquake. Bulle-
tin. Seismological Society of America, 72, 1969–2001.

Press, W. H., Flannery, B. P., Teukolsky, S. A., and Vetterling,W. T.,
1986. Numerical Recipes: The Art of Scientific Computing.
New York: Cambridge University Press.

Robinson, D. P., Brough, C., and Das, S., 2006a. The Mw 7.8 2001
Kunlunshan earthquake: extreme rupture speed variability and
effect of fault geometry. Journal of Geophysical Research, 111,
B08303, doi:10.1029/2005JB004137.

Robinson, D. P., Das, S., and Watts, A. B., 2006b. Earthquake rup-
ture stalled by subducting fracture zone. Science, 312(5777),
1203–1205.

Sarao, A., Das, S., and Suhadolc, P., 1998. Effect of non-uniform
station coverage on the inversion for seismic moment release his-
tory and distribution for a Haskell-type rupture model. Journal
of Seismology, 2, 1–25.

Tarantola, A., 1987. Inverse Problem Theory. Methods for Data
Fitting and Model Parameter Estimation. New York: Elsevier.

Wald, D. J., and Heaton, T. H., 1994. Spatial and temporal distribu-
tion of slip for the 1992 Landers, California, earthquake. Bulle-
tin. Seismological Society of America, 84, 668–691.



188 EARTHQUAKE SOUNDS
Cross-references
Earthquake, Focal Mechanism
Earthquakes and Crustal Deformation
Earthquakes, Source Theory
EARTHQUAKE SOUNDS

Andrew J. Michael
U.S. Geological Survey, Menlo Park, CA, USA

Definition
Earthquake sounds. Atmospheric pressure waves associ-
ated with earthquakes, especially those audible to humans.

Introduction
“. . . previous to an earthquake, a roaring is usually heard,”
wrote Lucius Annaeus Seneca, circa 65 CE, in the sixth
volume of “Naturales Quaestiones” (translation by Clarke
and Geike, 1910). While Seneca’s explanations for earth-
quakes now seem fanciful, this statement remains accurate
and historical records of earthquake sounds have been
joined over the last few decades by instrumental studies
of this phenomenon.

A particularly interesting case of earthquake sounds
concerns the long reported noises near Moodus, Connect-
icut, whose town name is derived from a Wangunk word
meaning “where noises come from the ground.” Reports
of these noises predate the arrival of European settlers
who described them as accompanying shaking “as though
in an earthquake” (Davis, 1897). Seismographic studies of
the earthquakes that accompany the Moodus Noises dem-
onstrate that these sounds are caused by swarms of magni-
tude �2 to 2.1 events with shallow (less than 2.4 km)
hypocenters (Ebel, 1982). Similarly, explosive sounds
similar to cannon fire have been documented during earth-
quake swarms in the lower Rhone Valley of France since
1772 and have now been explained by events with ultra-
shallow focal depths of only 200 m. With magnitudes as
small as �0.7 many of these events are heard even if the
shaking cannot be felt (Thouvenot et al., 2009).

Because human hearing is an effective spectral ana-
lyzer, the sonification of seismograms provides a useful
educational tool. And because sound is commonly associ-
ated with earthquakes, audio can be an effective element
of artistic works about earthquakes. This entry reviews
the role of earthquake sounds in science, education, and
art.

Records of sounds
People have reported hearing earthquakes for as long as
we have earthquake reports. The Earthquake Catalog of
the British Association (Mallet and Mallet, 1858) lists
reports of earthquake sounds back to 122 BCE, although
these are referenced to histories written by Julius
Obsequens in the fourth century CE.
Catalogs of intensity data are good sources of reports on
earthquake sounds. Davison (1938) explored a global set
of catalogs, including the Mallet and Mallet catalog men-
tioned above, and the references in his paper provide
a guide to these classic sources. Most of his data came
from Britain and he classified about 20,000 descriptions
into seven classifications that are largely consistent with
low rumbling sounds but also include some descriptions
of impulsive sounds, which are heard more often at short
epicentral distances. A more recent intensity catalog with
special emphasis on sounds was collected by Pierre Stahl
in the French Pyrenees (Sylvander and Mogos, 2005),
and the USGS “Did You Feel It?” catalog of Internet-
collected intensity data includes information on sounds
in its 1.25 million observations (Wald et al., 1999).

A problemwith sounds described in intensity catalogs is
that they depend on peoples’ ability to describe an ephem-
eral experience in words. In the 1979 M4.0 earthquake
near Bath, Maine, sounds were widely heard and mostly
described as high frequency booms (Pulli et al., 1980).
Many respondents described the sound in terms of the
explosion of a heating system boiler. One exception was
a resident who had actually heard a boiler explode and said
the earthquake sounded nothing like that. Regardless of the
words used to describe the sound, some residents who had
previously lived in southern California explained that they
were different than the longer-lasting, low frequency rum-
bles they remembered from earthquakes there. Those
descriptions are consistent with Hill et al. (1976) who
described earthquake sounds heard in southern California
as “ranging from the rumble of distant thunder to the rush-
ing of a wind.”The high frequency content of the sounds in
Maine could be due to high frequency ground motions cre-
ated by a combination of shallow hypocenters, low crustal
attenuation, and relatively high stress drops in that region
(Pulli et al., 1980). TheMoodus area shares similar charac-
teristics and thus the shaking should also have substantial
high frequency energy. However, many observers there
described the noises in 1981 as “distant thunder” (Ebel,
1982). Thus, the subjective observations in intensity cata-
logs can make interpretation difficult.

The first known recording of earthquake sounds is from
1954 when a recording that was being made inside a two-
story wood-frame dwelling in Eureka, California, acci-
dently captured an M6.6 earthquake. It is likely that the
recording, which was cut short by a power outage, largely
captured sounds created by the building (Steinbrugge,
1974). The catalog of earthquake sound recordings com-
piled by Steinbrugge is available from the Seismological
Society of America. All of these recordings mix together
natural earthquake sounds with those produced by man-
made structures and human reactions to the shaking.
A notable entry in this catalog is a 5-min recording done
by Robert Pate during the 1964 M9.2 Alaska earthquake,
including his narration of several minutes of felt shaking.

The first purposeful recordings of earthquake sounds
away from man-made structures were made in studies of
the 1965–1967 Matsushiro swarm in Japan (Japan
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Meteorological Agency, 1968) and the 1975 earthquake
swarm near Brawley, California (Hill et al., 1976). Hill
et al. recorded the audio on one stereo channel of an audio
cassette tape and recorded both a time signal and the seis-
mic sensor on the other channel by using FM
multiplexing. Unfortunately, the seismograms recorded
by this analog system were clipped and that made some
of their analysis more uncertain. Sylvander et al. (2007)
made digital audio and seismic recordings in the Pyrenees
that stayed on scale.
How are sounds produced?
The existence of earthquake sounds is hardly surprising
given that seismic waves from the solid earth will refract,
albeit weakly, into the atmosphere. This was first demon-
strated by Ewing, who considered the simple case of
a P-wave in a body of water being transmitted into the
atmosphere (Ewing, 1883).

As described by Seneca and in the observations cataloged
by Mallet and Mallet (1858) and Davison (1938), earth-
quake sounds are often heard slightly before the shaking is
felt. Because people often feel the stronger, but later arriving
S-wave, this suggests that the sounds are produced by the
P-wave. The instrumental studies referenced above used
collocated seismometers and microphones to demonstrate
that the sounds coincide with the arrival of the P-wave.
The coincidence of the soundswith the arrival of the P-wave
demonstrates that the onset of the sounds is generated by
transmission of the seismic waves into the atmosphere very
close to the listener. This is consistent with Davison’s con-
clusion that the audible sound and the felt shaking travel at
the same velocity. Hill et al. (1976) extended the simple
analysis done by Ewing and explored the transmission
of sound from a realistic shallow crustal structure to the
atmosphere, the frequency content of the shaking from the
seismic source, and the sensitivity of human hearing.
That analysis showed that the higher frequencies of
the seismic shaking (up to 50 Hz) overlap with the
lower range of human hearing (over 20 Hz) and are trans-
mitted into the atmosphere with sufficient amplitude to be
heard.

Thus, what people hear is in the frequency range of
20–50 Hz. These low frequency sound waves have wave-
lengths much longer than the size of a human head and
therefore people cannot localize the source of such
sounds. The description of earthquake sounds as distant
is based on association with other low frequency sounds
that actually are distant, despite that the earthquake sounds
are generated close to the listener. It is noteworthy that
because earthquake sounds are at such low frequencies,
humans are at least as sensitive to these sounds as many
animals (Hill, 1976).

At Brawley, the later and stronger S-wave arrival was
not associated with an audio signal while at Matsushiro
and in the Pyrenees the S-wave was coincident with sound
in some cases. The relative rarity of sound associated with
the stronger S-wave shaking can be explained by the
attenuation of higher seismic, and therefore audible, fre-
quencies in the S-wave (Hill et al., 1976).
Applications of sounds
Mallet’s classic study of the Great Neapolitan earthquake
of 1857 includes many reports of people hearing the earth-
quake and he devotes Part III, Chapter VIII, titled “Of the
Sounds that Attended the Shock,” to discussing
these observations and attempting to interpret them in
terms of a finite source model by drawing an analogy
to a long line of troops firing their rifles in succession
(Mallet, 1862).

Davison’s (1938) study of earthquake sounds
attempted to relate his seven classifications to the maxi-
mum intensity on the Rossi–Forel scale, the distance from
the event, and the region within which the event occurred.
He found that earthquakes were heard over the entire felt
area for small earthquakes but only half of the felt area
for larger events and that at greater distances the sound
was described as being smoother and more monotonous.
The smoother and more monotonous sound with increas-
ing distance is consistent with the attenuation of high fre-
quency shaking at greater distances from the event. Due to
this attenuation, low frequency motion from large earth-
quakes is felt at distances beyond the point where shaking
in the higher frequency human hearing range is transmit-
ted. Thus, for large earthquakes the area of felt shaking
is larger than the area where the earthquake can be heard.

In a more recent study, Sylvander and Mogos (2005)
developed relationships between the locations of sounds
heard, earthquake magnitude, and epicentral distance
and considered sound as a factor in human detection of
small earthquakes. Souriau (2006) also explored relation-
ships between heard sounds and shaking and points out
that sound may be responsible for waking people and thus
could contribute to intensity values at the low end of the
scales. That builds on Hill et al.’s (1976) observation that
the sound can be audible even when the P-wave is not felt.
Tosi et al. (2000) examined whether records of sounds
could be used to infer focal mechanisms. Partially because
the sound observations do not include polarity informa-
tion, they concluded that the uncertainties were too large
to use such data to infer unknown focal mechanisms.

Despite these efforts, it is not clear that earthquake
sounds make a significant contribution to the analysis of
pre-instrumental earthquakes beyond helping us under-
stand how such sounds contribute to observations of lower
intensities. As noted above, there are problems with
interpreting subjective reports of sounds that mix together
both the natural transmission of shaking into the atmo-
sphere and the shaking of man-made objects. These objec-
tions could be removed for future earthquakes by making
audio recordings, which could easily be integrated into
existing digital seismic acquisition systems (Sylvander
et al., 2007). Unfortunately, audio recordings may not be
a very useful addition to the collocated seismograms
because little of the seismic energy is transmitted into
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the atmosphere and because audio captures only a scalar
recording of the 3-component ground motion.

While microphones may not be an effective way to
record seismic data, seismometers can produce useful
records of acoustic waves in the atmosphere that are strong
enough to shake the ground. For instance, seismic records
of acoustic waves have contributed to forensic seismology
investigations into the 1995 Oklahoma City bombing
(Holzer et al., 1996), the 1998 truck bombing of the
American embassy in Nairobi (Koper et al., 1999),
a chemical plant explosion in Nevada (Ichinose et al.,
1999), and a pipeline explosion in New Mexico (Koper
et al., 2003).

Infrasound
Very low frequency acoustic waves known as infrasound
can travel great distances through the atmosphere,
although with frequencies below 20 Hz these waves are
not audible to humans. Bolt (1964) demonstrated that
micropressure recordings after the 1964 Mw 9.2 Alaska
earthquake included acoustic waves with periods of
20–40 s (frequencies of 0.025–0.050 Hz) generated near
the earthquake and recorded 3,100 km away at Berkeley,
California. Donn and Posmentier (1964) further explored
these recordings and showed that earlier infrasound
arrivals were generated near the recording station by the
passing Rayleigh waves. Away from the earthquake,
infrasound can also be generated when surface waves
travel through mountainous regions. A good review of
these mechanisms is Mutschlecner and Whitaker (2005)
and the references therein. More recently Le Pichon et al.
(2006) suggested that infrasound could be used to study
the amplification of ground displacement by topography,
especially in regions with inadequate seismic networks.
And Green et al. (2009) demonstrated that coastal cliffs
could also be a source of infrasound. While infrasound
arrays have recorded many earthquakes, their primary
applications continue to be the study of atmospheric phe-
nomena such as meteorites and the study of explosions
whether chemical or nuclear tests.

Sonification, education, and art
Sonification is the process of producing sound from
nonauditory data. Most seismic data contains frequencies
below human hearing and the simplest way to sonify
seismograms is to speed them up, which increases the fre-
quency content, and play them back through an audio sys-
tem. Steinbrugge (1974) mentions that, in 1952 or 1953,
Hugo Benioff and Cook Laboratories (Stamford,
Conneticut) used this method to produce an LP record
with one side called “Earthquakes of this World.” Many
seismologists have followed in Benioff’s footsteps and
this has become particularly easy now that digital
seismograms can be converted to audio files using com-
mon software such as MatLab.

The human ear is an excellent spectral analyzer andmost
people are more used to listening to music than looking at
seismograms. Therefore, sonification of seismograms
can be an effective educational tool. Michael (1997)
(http://earthquake.usgs.gov/learn/listen/index.php) devel-
oped a set of audio playbacks of seismograms that explores
how the frequency of shaking varies with source dimen-
sion, epicentral distance, and site geology. This Web site
includes a recording of the 1992 M7.3 Landers earthquake
recorded at Mammoth Lakes where local earthquakes were
triggered by the passing seismic waves. The local earth-
quakes are easily heard in the raw sonified seismogram
but required filtering to be detected visually in the plotted
seismograms (Hill et al., 1993). This demonstrates that
audio can be a powerful educational tool.

Sound is a common part of experiencing earthquakes
and so naturally it is part of artistic explorations of seismic
events. The seismograms from the above site were used as
the basis for my Earthquake Quartet #1 for Trombone,
Cello, Voice, and Seismograms (Michael, 2000) which is
available online at http://earthquake.usgs.gov/learn/
music/. Earthquake Quartet #1 starts by describing the
earthquake cycle and then explores the idea that
society and culture, including music, take place with the
earthquakes as an often-ignored backdrop. The earth-
quakes play the role of percussion because they have
abrupt beginnings and broad, nonharmonic, spectra.

Another musical approach was taken by Loos and
Scherbaum (1999) in a CD titled “Inner Earth, a
seismosonic symphony” which used many different
methods of shifting, converting, and transposing
seismograms to make them audible. They produced music
with harmonic properties that is purely based on
seismograms but sounds nothing like the ones that have
simply been sped up.

Overlaying a seismogram on a musical staff provides
a form of graphical musical notation that can then be
played back using synthesized instruments. Some
seismograms from the Mt. Etna volcano can be heard as
piano music at http://grid.ct.infn.it/etnasound/page4/
page8/page8.html. The goal of that project was to provide
a way to detect changes in the behavior of the volcano by
hearing changes in the sonified seismograms (http://grid.
ct.infn.it/etnasound/) and it also extended into the arts.

The “Great California ShakeOut” earthquake prepared-
ness drills (Jones et al., 2008) use audio combining syn-
thesized earthquake sounds with sounds of damage
occurring and sirens to simulate an earthquake experience
at the start of the drills. These files can be
downloaded from http://www.shakeout.org/drill/broad-
cast/index.html.

“MementoMori: an internet based earthwork” byGold-
berg et al. (1999) used live seismic data to trigger non-
seismic audio in a dark installation that also included
a visual display of the seismic particle motion. This
approachwas later used for “BalletMori: a ballet conducted
by the earth” performed by Muriel Maffre at the San
Francisco Ballet to commemorate the centennial of the
1906 earthquake (Goldberg et al., 2006). Video of the dance
can be seen at http://goldberg.berkeley.edu/art/Ballet-Mori/.
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In 2009, the Parkfield Interventional Earthquake Field-
work (PIEQF) (Rogers, 2010), and online at http://pieqf.
allshookup.org/, consisted of a large shake table whose
motion was triggered by earthquakes throughout the state
of California. Both the table itself and a set of rods
mounted on the table created noise when an earthquake
occurred. This mechanical amplification of the shaking
replaced the natural “roaring” discussed by Seneca with
a clatter that allowed the viewers to hear distant seismic
activity in a way that is not possible through natural shak-
ing and sounds.
Summary
Earthquake sounds form an important part of the earth-
quake experience, and thus are a large part of artistic
explorations of these events, but their study forms
a small niche within seismology. The last few decades
have produced the data necessary to finally understand
this phenomenon along with its role in the study of earth-
quakes and explosions.
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Definition
Aftershocks. Smaller earthquakes following a large earth-
quake (the mainshock) in the same ruptured area.

Introduction
Earthquakes typically occur in sequences that may include
foreshocks, the mainshock (the largest event or events),
and aftershocks. Earthquake sequences without a clear
mainshock are called swarms.

Aftershocks generally refer to the smaller earthquakes
that follow a mainshock within certain spatial and tempo-
ral windows. However, the criteria for choosing these win-
dows are somewhat arbitrary. Typically, aftershocks are
defined within an area around the mainshock’s source
region (i.e., the ruptured fault segment, which is about
100 km long for a magnitude 7.0 earthquake). Most after-
shocks occur on the main rupture surface; hence, they are
often used to define the complex geometry of the rupture
plane. However, in many cases, especially for earthquakes
in subduction zones, the aftershock area increases signifi-
cantly following the mainshock (Tajima and Kanamori,
1985). Some aftershocks also occur off the main rupture
surface. Distant earthquakes triggered by the mainshock’s
seismic waves (see Artificial Water Reservoir Triggered
Earthquakes) may also be regarded as aftershocks
(Gomberg and Johnson, 2005). Temporally, aftershocks
are defined as seismicity above the background activity
following a main shock. This definition also leaves room
for ambiguity, as the background seismic activity can be
difficult to define in some places.

Aftershocks usually count for less than 5% of the total
seismic energy release of the entire seismic sequence, so
they are secondary products (Scholz, 2002). However,
besides their spatial and temporal relations to the
mainshock, aftershocks are fundamentally no different
from other earthquakes and are recognized as aftershocks
only retrospectively (Helmstetter et al., 2003; Utsu, 2002).

Scaling laws for aftershocks
A large earthquake is usually followed by many smaller
events (aftershocks); their occurrence rate decreases with
time, typically following a pattern known as the Omori’s
law, named for Fusakichi Omori’s observation of the
1891 Nobi earthquake in Japan (Omori, 1894) and later
modified by Utsu (1961):

nðtÞ ¼ K
ðcþ tÞp

where nðtÞ is the number of aftershocks by time t after the
mainshock;K, p, and c are constants. The value of c is typ-
ically positive close to zero, and p close to 1. Hence, the
number of aftershocks drops nearly hyperbolically with
time (Figure 1). The values of these constants are obtained
by fitting to the data for each aftershock sequence.

It has been observed that the largest aftershock is usu-
ally about 1 magnitude unit smaller than the mainshock,
independent of the mainshock magnitude. This is known
as Båth’s law (Bath, 1965; Richter, 1958). However,
because the data selection is retrospective and subjective,
the size of aftershocks can vary substantially for different
earthquake sequences.

Like all earthquakes, the size distribution of aftershocks
follow the Gutenberg–Richter law (Gutenberg and
Richter, 1954):

log10NðMÞ ¼ a� bM

where NðMÞ is the number of earthquakes of magnitude
	M, a and b are constants. This relationship plots as
a straight line with slope b, whose value, often referred
to as the b-value, is typically in the range of 0.8–1.2. For
b = 1, the number of earthquakes increases by a factor of
10 for every unit drop. The b-value varies in time and
space even for the same fault. Some studies have
suggested that the b-value can be used as a stress indicator,
with lower b-values often associated with higher stresses
(Schorlemmer et al., 2005).

Causes of aftershocks
Because most aftershocks occur on or near the rupture sur-
face, they are thought to result from incomplete rupture
and heterogeneous slip (e.g., Bullen and Bolt, 1947). This
notion is consistent with some case studies that found
aftershocks concentrated around the perimeter of the rup-
ture zone or around asperities within the rupture zone
where most of the coseismic slip occurred (Beroza,
1991; Scholz, 2002).

The main causes of aftershocks are thought to include
mainshock-induced changes of frictional properties of
the fault zone and stress perturbations. Laboratory experi-
ments indicate that frictional properties change with the
duration of stationary contact and the instantaneous slid-
ing velocity (Scholz, 2002). A constitutive relationship
based on such results, known as the rate-and-state law
(Dieterich, 1979; Ruina, 1983), can explain the time-
dependent changes of seismic rates that are consistent with
the Omori’s law (Dieterich, 1994). Stress perturbations
may arise from creep recovery of rocks in the immediate
areas of the fault (Benioff, 1951), viscous relaxation from
the lower crustal and upper mantle (Lieber and Braslau,
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Earthquake, Aftershocks, Figure 1 (a) Topography and seismicity (circles, size proportional to magnitude) around the epicenter
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1965; Stein and Liu, 2009), and pore-elastic effects
(Scholz, 2002). In particular, the changes of the Coulomb
static stress resulted from the mainshock have been shown
to cause spatial migration of seismicity and trigger earth-
quakes (Parsons, 2002; Stein, 1999). Other causes may
include dynamic triggering (Gomberg and Johnson,
2005) and pore fluid flow (Miller et al., 2004; Nur and
Booker, 1972).
Aftershocks and earthquake hazard
Aftershocks can be large and damaging (e.g., Wiemer
et al., 2002). The durations of aftershock sequences for
plate-boundary earthquakes are typically around 10 years
(Parsons, 2002) (Figure 1). However, aftershock sequences
away from plate-boundary faults tend to last longer. In the
broadly deforming western United States, for example,
aftershocks are found to last 50–100 years. Within the
stable continental interior, aftershock sequences may last
hundreds of years or even longer (Stein and Liu, 2009).
Such long aftershock sequences in continental interiors,
where large earthquakes are infrequent and historic records
are often incomplete, could bias hazard assessment.

Further complication may arise from the fact that earth-
quakes tend to cluster in time and space, which is best
shown in aftershock sequences. Studies of large shallow
earthquakes in the world show that these large events often
occur in pairs or groups (called doublets or multiplets); the
later events, which could be regarded as aftershocks, can
be bigger than the triggering event (the mainshock)
(Kagan and Jackson, 1999). Such clustering patterns are
consistent with the emerging view that all earthquakes
can trigger their own earthquakes that in turn trigger more
quakes, and the triggered events may be bigger than the
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triggering event (Helmstetter et al., 2003; Ogata, 1998).
Because the triggered events (the aftershocks) statistically
follow the Omori’s law, statistical models can be devel-
oped to assess time-dependent probability of future dam-
aging earthquakes after each event (Gerstenberger et al.,
2005; Jones, 1985; Reasenberg and Jones, 1989).

Summary
Aftershocks are smaller earthquakes following the
mainshock. They typically occur on or near the rupture
plane of the mainshock, resulting from changes of stress
and frictional properties of the fault zone caused by the
mainshock. The duration of aftershock sequences is typi-
cally a few years for earthquakes at plate boundaries, but
can last much longer within stable continental interiors.
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Definition
Focal mechanisms are geometrical or mathematical repre-
sentations of the faulting during an earthquake. In very
simple terms, the latter consists of the relative motions of
two blocks of Earth called walls along a planar surface
called fault. Figure 1 shows that the description of an
earthquake rupture needs three angles. The strike angle
f is the azimuth (with respect to North) of the trace of
the fault on a horizontal plane such as the Earth’s surface;
the dip angle d characterizes the steepness of the fault, and
the rake or slip angle l, the direction of motion, within the
fault plane and relative to the horizontal, of the hanging
wall relative to the foot wall. A full description of the
earthquake rupture requires an additional scalar, related
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to the length of slip of the fault walls, and thus to the size
or magnitude of the event.

Representation by a double-couple
As such, an earthquake source, described by three angles
and a scalar, is a more complex mathematical entity than
a simple vector (described by two angles and a scalar),
and in particular cannot be represented physically by
a single force. Vvedenskaya (1956), followed in the West
by Knopoff and Gilbert (1959), introduced the concept of
the double-couple, a system of forces shown on Figure 2
and consisting of two opposing torques of equal moment
M0; this system has no dynamic effect (translation or rota-
tion) on a rigid body, but results in deformation of
a medium of finite rigidity.

The representation theorem (e.g., Aki and Richards,
1980, pp. 38–41) considers an elastic medium of
rigidity m and states that a dislocation with slip Du (in
the direction d̂) along a fault of surface S cut into the
medium (Figure 2a) will generate the same field of
dynamic deformation (expressed as seismic waves) as
a double-couple of moment M0 = mS Du, embedded in
the medium in the absence of the cut, with the direction
of forces and levers in Figure 2b along those
of the slip, d̂, and of the normal to the fault plane, n̂.

The double-couple shown in Figure 2b separates
the space around it into four quadrants containing respec-
tively the heads and tails of the arrows. They are delin-
eated by the fault plane and the plane normal
to the slip d̂. In quadrants I and III, the seismic motion will
be “anaseismic,” or away from the source, while in II and
IV, it will be “kataseismic” or toward the source. The
quadrants are accordingly shaded black and white in Fig-
ure 2c. Note that in Figure 2b and c, the source is
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approximated as a point in space, hence the concept of
a “point-source double-couple.”
Strike-Slip Vertical Dip-Slip

Thrust Normal

Hybrid

Earthquake, Focal Mechanism, Figure 4 A basketball has
been divided into four quadrants alternately painted black and
white. By rotating the basketball in space, one can obtain
a representation of all possible focal orientations of the double-
couple shown in Figure 2b.This experiment demonstrates that
earthquake focal geometries differ only by a solid rotation in
space.
Focal mechanisms from P-wave first motions
Under the high-frequency approximation of geometrical
optics, a most remarkable property of P waves is the con-
servation of the ana- or kataseismic character along the
entire seismic ray, all the way to a receiving seismic station
at the Earth’s surface, where an anaseismic wave results in
an initial upward motion of the ground, while
a kataseismic one gives a downward first motion.

This property has been used extensively to obtain earth-
quake focal mechanisms by gathering first-motion
P-wave data at large datasets of local and distant stations
and backtracking this information along the relevant rays
into a mapping of the focal sphere at the source. This
amounts to resolving the orientation in space of the dia-
gram on Figure 2c, known traditionally as a “beachball.”
Because of the difficulty of representing a full sphere on
a planar figure (long known to world cartographers), and
thanks to the symmetry of the beachball, it is convenient
and sufficient to represent only a stereographic projection
of the lower focal hemisphere separated at the horizontal
plane and involving rays leaving down into the deep
Earth, and eventually emerging at large distances. This
constitutes the standard representation of earthquake focal
mechanisms. Figure 3 illustrates examples of the most
common types of mechanisms.

Note that a change of focal mechanism results in a mere
solid rotation in space of the beachball pattern, but does
not change its nature (Figure 4).

A common feature of the double-couple concept and of
its beachball representation is their high level of symme-
try. The two planes defining the quadrants on Figure 2b
are conceptually interchangeable and as a result, there
exists an inherent indeterminacy between two possible
physical solutions obtained from any field of seismic data
generated by a point source double-couple. For example,
a left-lateral strike-slip earthquake on a vertical fault
N
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Left-later strike-slip fault
(l = 0°)

Normal dip-slip fault
(l = –90°)

Earthquake, Focal Mechanism, Figure 3 Examples of focal geomet
and Wysession, 2003.)
striking North–South is seismically indistinguishable
from a right-lateral one on a fault striking East–West. This
property, rooted in the symmetry of the double-couple,
applies to all seismic waves, including P and Swaves, sur-
face waves, and the free oscillations of the Earth. The
indeterminacy can be lifted only by considering a source
extended in space, as opposed to a point source. In prac-
tice, this is done either by using field methods to recognize
the orientation of the fault through its expression on the
N

S

Right-later strike-slip fault
(l = 180°)

Reverse dip-slip fault
(l = 90°)

E
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ries with corresponding beachball patterns. (Adapted from Stein
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ground, or by mapping the aftershocks of the event which
are expected to occur along the direction of faulting, or by
considering the so-called source-finiteness effects in the
seismograms, which result from the interference of the
elementary sources, distributed both in time and space,
as the rupture propagates over the faulting area. In all
cases, note again that the fault can no longer be
represented as a point source.

Stress release
In another interpretation of focal mechanisms, one can
expand the double-couple as a two-dimensional deviatoric
and symmetric tensor

Mij ¼ M0 d̂in̂j þ n̂id̂j
� �

(1)

where d̂ and n̂ are the unit vectors along the direction of
slip, and perpendicular to the fault, respectively. These
components and the principal directions of the moment
tensor are directly related to those of the stresses released
during the earthquake.

In particular, the bisector T ¼ 1ffiffi
2

p
�
d̂þ n̂

�
rep-

resents the axis of maximum tension and the direction
of maximum positive amplitude of P waves; it plots at
the center of the shaded quadrants on the beachball. The
direction P ¼ 1ffiffi

2
p
�
d̂� n̂

�
is the axis of maximum com-

pression (often and improperly called “pressure axis”)
and that of maximum negative amplitude of P waves; it
plots at the center of the open quadrants. The direction
B ¼ d̂ � n̂ ¼ T � P is the hinge of the fault planes;
it is a direction where both P and S amplitudes vanish.
For a given beachball, the T, P, B axes are independent
of the choice between the two possible fault planes.

The interpretation of focal mechanisms in terms of
stress release is particularly suited to the study of intraplate
earthquakes, which express the release of stresses accu-
mulated inside the plates by tectonic forces, while
interplate events, which are controlled by the relative dis-
placements of two of the Earth’s plates at a common
boundary, are more readily interpreted in terms of a slip
vector on a fault plane.

Fundamental results
The most important application of focal mechanisms was
the verification of the fundamental concepts of continental
drift, seafloor spreading, and plate tectonics, in the mid-
1960s. These ideas were derived using the spatial distribu-
tion of earthquake epicenters, but without the knowledge
of the geometries of their ruptures. The latter could then
be used as an independent verification of the concepts, fol-
lowing the development of the beachball model, and the
deployment of the World-Wide Standardized Seismo-
graph Network in the early 1960s. Sykes (1967) and
Isacks et al. (1968) achieved a remarkable endorsement
of the mechanisms predicted by plate motions (normal
faulting expressing extension at the mid-oceanic ridges,
underthrusting expressing convergence at the subduction
zones), and most spectacularly, verified the polarity of
strike-slip faulting at the oceanic transform faults, thus
upholding the concept proposed by Wilson (1965).

Focal mechanisms inside subducting slabs were com-
piled by Isacks and Molnar (1971), who documented
a universal mechanism of down-dip compression for
events deeper than 450 km, expressing the difficulty of
penetration by the slab of the lower mantle at the bottom
of the transition zone. By contrast, a wide diversity of
mechanisms is found in the upper parts of the slabs, where
local parameters such as rate and steepness of subduction,
as well as possible bending stresses, control the stress field
accumulated inside the slab during the subduction
process.

A most remarkable aspect of the focal mechanisms of
deep earthquakes is the fact that, without exception, they
can be modeled by a double-couple (e.g., using its
beachball representation), even though the concept of brit-
tle rupture should not apply at the relevant pressure and
temperature conditions inside the slabs. In particular,
modern analysis of major deep earthquakes (Kawakatsu,
1991; Okal, 1996) has ruled out the possibility of an iso-
tropic (implosive) source even as a mere component of
their mechanism, as initially envisioned by Bridgman
(1945) and proposed by Gilbert and Dziewonski (1975).
Deep events represent faulting on a planar dislocation in
the framework of Figure 1, and differ from their shallow
counterparts only in their usually higher level of stress
drop (Antolik et al., 1999), but not in the geometrical or
mechanical nature of their process. This observation sup-
ports the hypothesis that deep earthquakes may be induced
by transformational faulting in volumes of metastable
olivine persisting inside the slabs at greater depths than
predicted by equilibrium thermodynamics (Kirby et al.,
1996).
Modern focal solutions: inversion of the moment
tensor
The double-couple used to represent a seismic source can
be used, through its components given by Equation 1, as
a forcing term in the wave equations expressing the funda-
mental law of dynamics (a variation of “F =m a”), to com-
pute simulations of the Earth’s response in space and time
to the seismic disturbance. These are known as synthetic
seismograms.

Conversely, and since the 1970s, inversion techniques
have been used to derive the individual components of
earthquake moment tensors directly from the waveforms
of their recorded seismograms. Essentially, a best-fitting
algorithm is used to express a large dataset of observed
seismograms as a linear combination of synthetic
seismograms computed for each individual component
of the moment tensor. In addition, and for sufficiently
large datasets, the inversion can resolve the best location
in space of the source, and its result is known as
a “centroid moment tensor” or CMT. These techniques,
which can be applied on body waves, surface waves or
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representation of focal mechanisms (Frohlich and Apperson,
1992). This approach uses barycentric coordinates with respect
to end members with one vertical principal axis. Mechanisms
close to apices are either predominantly strike-slip (SS), thrust (T)
or normal (N). Hybrid mechanisms (H) plot in the center of the
diagram. By contrast, the sides of the diagram represent
geometries with one horizontal axis. This representation is useful
when studying trends among large families of mechanisms, such
as intraplate earthquakes, irrespective of their particular strike
angles.

198 EARTHQUAKE, FOCAL MECHANISM
normal modes, as well as on regional phases in the near
field, can be carried out automatically on digital data,
and eliminate the occasional difficulty of picking a first
motion polarity under noisy or emergent conditions. They
have replaced the compilation of P-wave first motions as
the primary source of earthquake focal mechanisms.

In particular, the Global CMT (ex–Harvard CMT) pro-
ject, described initially by Dziewonski et al. (1981), has
now inverted more than 30,000 earthquake sources since
1976, through a uniform, comprehensive procedure, into
a catalog that has become the backbone of most modern
seismotectonic studies.

Evaluation tools for double-couple solutions
Because of the relative complexity of the double-couple
source that cannot be represented by a vector, a number
of applications have been developed to illustrate their
properties in a user-friendly representation. Among them,
Frohlich and Apperson (1992) have proposed to plot focal
mechanisms in a ternary diagram whose apices are the
“pure” mechanisms corresponding to vertical stress axes
(B, strike-slip; T, thrust; or P, normal); using barycentric
coordinates within the triangle, the position of the mecha-
nism indicates at a glance the nature of faulting (Figure 5).
Note that it remains independent of the azimuth f of the
fault strike.

In order to help compare different earthquakes, Kagan
(1991) has offered an algorithm to quantify the proximity
of two focal solutions given by their angles (f1, d1, l1) and
(f2, d2, l2). It computes the angleo of the minimum solid
rotation bringing one of the beachballs onto the other.
Because of their symmetry, the maximum value of o
is 120�.

Non-double-couple solutions
The double-couple is a four-dimensional mathematical
entity which constitutes a subset (featuring a zero-eigen-
value) but not a sub-vector space, of the five-dimensional
vector space of deviatoric (i.e., zero-trace), symmetric sec-
ond-order tensors. Consequently, linear inversions are car-
ried out in the full five-dimensional space. The quality of
fit of the inverted solution to a double-couple is assessed
through a so-called Compensated Linear Vector Dipole
(CLVD) parameter e, expressing the ratio of the intermedi-
ate eigenvalue of the moment tensor to its largest one (in
absolute value). In principle, e could range from �0.5 to
0.5, and should be zero for a perfect double-couple. The
average value of |e| for the whole CMT catalog is 0.12,
which constitutes a good verification of the concept of
the double-couple, especially since it falls to 0.08 for
earthquakes with moments M0 	 1026 dyn cm. Occasion-
ally, larger values of |e| (which can reach 0.4) indicate
a deviation from the model of a double-couple, which
may result from a number of scenarios. For example,
earthquakes with complex ruptures consisting of multiple
events with differing geometries will feature an overall
deviatoric moment tensor, which however cannot be
described in terms of a lone double-couple. A recent
example is the Samoa event of 29 September 2009 (M0
� 1. 8 �1028 dyn cm; e = 0. 37), which was modeled as
a main outer rise normal faulting event triggering
a smaller underthrusting shock on the nearby interplate
contact (Li et al., 2009).

Other examples of non-double-couple solutions would
include dyke injections during volcanic events (e.g.,
Tori-Shima Volcano, 13 June 1984; e = 0. 33; Kanamori
et al., 1993), rupture on non-planar faults, again in
a volcanic environment (Ekström, 1994), and certain
cryoseismic events believed to involve calving at the front
of glaciers (e.g., 15 August 2008, e = 0. 33; Nettles and
Ekström, 2009).

Conclusion
Focal mechanisms provide a mathematical or illustrative
representation of the geometry of the rupture process dur-
ing an earthquake. Their compilation forms the basis of
our interpretation of earthquakes in the framework of
global tectonics.
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Synonyms
Preshocks

Definition
Foreshocks. Smaller earthquakes preceding a large earth-
quake (the mainshock) in the same ruptured area.

Introduction
Earthquakes typically occur in sequences that may include
foreshocks, the mainshock (the largest event or events),
and Earthquake, Aftershocks. Earthquake sequences with-
out a clear mainshock are called swarms.

Foreshocks are the most obvious premonitory phenom-
enon of earthquakes. They are thought to indicate earth-
quake nucleation and hence may have the potential for
short-term earthquake prediction (Scholz, 2002). How-
ever, proof of the physical link between foreshores and
earthquake nucleation is inconclusive, and earthquake
prediction using foreshocks has not been reliable.

The problem begins with their recognition – foreshocks
are earthquakes that are called foreshocks retrospectively,
when a large event (the mainshock) followed. To be con-
sidered as foreshocks, these events need to occur within
certain spatial and temporal windows, and these windows
vary in different studies. Foreshocks are typically located
within the mainshock’s source area with a dimension
roughly the length of the fault rupture, which is in the
order of 100 km for a magnitude 7.0 earthquake. Tempo-
rally, most foreshocks occur a few days to hours before
the mainshock (Jones and Molnar, 1979). In some cases,
seismicity increases a few months or years before the
mainshock. Some workers consider such increased seis-
micity foreshocks; others do not (Scholz, 2002).
Depending on the choice of these spatial and temporal
windows, a global survey shows that up to 70% of large
earthquakes (M 	 7) may be preceded by foreshocks
(Jones and Molnar, 1979). While the percentage varies
with different studies and in different regions, it is impor-
tant to note that not all earthquakes are preceded by
foreshocks.

Characteristics of foreshocks
Foreshocks, when they do occur, are typically few in com-
parison with aftershocks, sometimes consisting of only
a few or a single event, hence are difficult for quantitative
analysis. When considered collectively, they are shown to
exhibit a temporal pattern similar to that of aftershocks
(Jones and Molnar, 1979; Shaw, 1993). Most foreshocks
occur within 10 days before the mainshock, and their
numbers rapidly accelerate till the occurrence of the
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mainshock. The collective time sequence of foreshocks
seems to fit an inverse Omori’s law:

nðtÞ ¼ at�q

where nðtÞ is the number of foreshocks by time t before the
origin of the mainshock, and a and q are constants, with q
close to 1 (Kagan and Knopoff, 1978; Papazachos, 1975).
Thus, the number of foreshocks tends to increase hyper-
bolically as the time approaches the origin of the
mainshock. Some studies suggest that foreshocks may
have lower b-values (see entry Earthquake, Aftershocks)
relative to other earthquakes (Scholz, 2002).

It is not clear why some earthquakes have foreshocks
while others do not. Studies of global and regional earth-
quake catalogs have found that neither the time
sequences nor the largest magnitude of foreshocks cor-
relate to the magnitude of the mainshock (Jones and
Molnar, 1979), suggesting either the size of the
mainshock is independent of the earthquake nucleation
process, or foreshocks are not part of earthquake nucle-
ation (Abercrombie and Mori, 1996). The incidence of
foreshocks is found to decrease with increasing depth
of the mainshock (Abercrombie and Mori, 1996). For
earthquakes in California, more foreshocks are associ-
ated with strike-slip events than with thrust events
(Abercrombie and Mori, 1996). This is opposite to the
results from a study of global catalogs by Reasenberg
(1999), who attribute the low rate of foreshocks for
Californian thrust events to their relatively greater
depths.

Causes of foreshocks
The causes of foreshocks remain uncertain. Some studies
link foreshocks to earthquake nucleation (Scholz, 2002).
Theoretically, fault ruptures only when slip has occurred
over a fault patch of some critical radius. Ohnaka (1992)
has proposed a theoretical model that attributes the gener-
ation of foreshock to failure of asperities loaded by accel-
erating premonitory creep. This model predicts numerous
features found in foreshocks: their occurrence typically
a few days before the mainshock, their accelerated rates
as time approaches that of the mainshock, and their occur-
rence in the immediate vicinity of the hypocenter of the
mainshock. However, not all foreshocks readily fit the
nucleation model. Aside from the obvious problem that
many earthquakes do not have foreshocks, the nucleation
model has difficulties explaining foreshocks that occur
away from the rupture plane or have significantly different
focal mechanisms from that of the mainshock (Jones et al.,
1982).

Others think that foreshocks are fundamentally the
same as other earthquakes (Felzer et al., 2004; Helmstetter
et al., 2003). In this view, foreshocks, the mainshock, and
aftershocks are just different names for earthquakes within
the same sequence of cascading ruptures triggered by
a common mechanism.
Can foreshocks be used to predict earthquakes?
As the most obvious precursor of earthquakes, fore-
shocks are thought to be useful for short-term prediction
of earthquakes, and successful predictions have been
reported in numerous cases. The best example is perhaps
the 1975 Haicheng earthquake (magnitude 7.3) in China,
which was predicted largely based on foreshocks, more
than 500 of which were recorded within 4 days before
the mainshock (Jones et al., 1982). However, a recent
investigation (Wang et al., 2006) has revealed that the
role of foreshocks in this prediction was more psycholog-
ical than scientific: the jolts and damages from increased
seismicity in the preceding months stressed the minds of
earthquake workers and the general public, and the inten-
sified foreshocks in the last day before the mainshock
prompted some local officials to order an evacuation. In
other places where official orders were not issued, the
increased seismicity caused many residents to evacuate
voluntarily.

Aside from the problem that many earthquakes do not
have foreshocks, short-term earthquake prediction using
foreshocks is challenging in theory and in practice. For
foreshocks to be a predictor, they must be an essential part
of the physical process leading to the mainshock.
Although this physical link between foreshocks and
mainshock is suggested in the nucleation model, its vali-
dation in natural fault zones has not been conclusive. On
the other hand, if foreshocks are fundamentally the same
as other earthquakes (Felzer et al., 2004), then foreshocks
cannot be predictors of mainshocks. In practice, we have
yet to find any reliable ways to recognize foreshocks from
background seismicity before the occurrence of the
mainshock.

Nonetheless, there must be some symptoms associated
with the stress buildup and physical property changes in
and around the fault leading to a major rupture, and
foreshocks are the most obvious symptoms known to
us. Further studies of foreshocks will improve our under-
standing of the mechanics of earthquakes. A recent study
of the foreshock sequences on East Pacific Rise trans-
form faults (McGuire et al., 2005) suggests that fore-
shocks are linked to the mainshock through stress
changes driven by aseismic slip transients or some fault
preparation process, hence potentially can be useful for
short-term earthquake prediction. On the other hand, by
treating every earthquake as a potential foreshock that
may be followed by a mainshock, statistical models
based on the clustering properties of earthquake
sequences can be developed to assess the real-time prob-
ability of damaging earthquakes, as has been done in
California (Gerstenberger et al., 2005; Jones, 1985;
Reasenberg and Jones, 1989).
Summary
Foreshocks are smaller earthquakes preceding a mainshock.
They are thought to manifest the nucleation of the



EARTHQUAKE, LOCATION TECHNIQUES 201
mainshock, hence have the potential for short-term earth-
quake prediction. However, not all large earthquakes are
preceded by foreshocks, and they are difficult to recognize
from the background seismicity before the occurrence of
the mainshock. Foreshocks may also be fundamentally
the same as other earthquakes, if so they cannot be used
as earthquake predictors.
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Synonyms
Hypocenter determination

Definition
Earthquake location. Methods for determining the lati-
tude, longitude, depth, and time of origin of a seismic
event (earthquake, explosion, etc.) using the arrival times
of seismic waves.

Introduction
Knowing the location of an earthquake (its latitude, longi-
tude, depth, and origin time) is an essential starting point
for the vast majority of quantitative seismological ana-
lyses. In the context of this article, earthquake location
will be taken to mean determining the initiation point of
fault rupture, that is, the hypocenter. After briefly tracing
some of the early history of methods for the quantitative
determination of earthquake locations, the focus of discus-
sion turns to modern methods for single-event location
and uncertainty estimation. The final section covers
multiple-event location, with an emphasis on the substan-
tial to – in some cases – profound improvement in relative
location accuracy that can be achieved by combining
waveform cross-correlation with relative location
techniques.

Early history
John “Earthquake”Milne devised some of the first quanti-
tatively based methods for earthquake location, known as
the methods of circles, hyperbolas, and coordinates (Milne,
1886). For the method of circles, the difference in arrival
time between later observing stations i (i = 1, N ) and the
first observing station 0, ti�t0 = dti, is used to construct cir-
cles of radii V dti, where V is the velocity of “shock” (i.e.,
seismic wave) propagation, and the center of the circle
through station 0 that is roughly tangent to all the other cir-
cles defines the earthquake epicenter. The scale factor V is
determined by trial and error. The commonly taught
S minus P time location method (Bolt, 2006) is similar in
concept. The method of hyperbolas is a variant on the
method of circles, whereby differential times between pairs
of stations are used to define hyperbolas of possible loca-
tions, and the intersection of hyperbolas defines the earth-
quake epicenter. The method of coordinates goes a step
further by setting up a system of four equations (defined
in Cartesian coordinates centered on the last-observing sta-
tion) relating differential times to “shock” velocity and the
(x,y,z) coordinates of the earthquake. With four equations
and four unknowns, the solution is unique. These methods
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were employed for many years, until slowly the method
of Geiger (1910, 1912), discussed below, began to supplant
it. Interestingly, Milne’s methods have been revived
recently for use in locating earthquakes in an early warning
system (Satriano et al., 2008) and in tectonic (Zhou, 1994;
Font et al., 2004) and volcanic (Sumiejski et al., 2009)
settings.
Single-event location
The predominant method for earthquake location is based
on what is commonly known as Geiger’s method, which
was developed early in the twentieth century (Geiger,
1910, 1912). This method involves deriving the least-
squares (L2 norm) solution to a set of equations, for
a trial hypocenter, of the form

ri ¼
X3
j¼1

@Ti
@xj

DxjþDto (1)

where ri is the residual at station i, defined as the observed
arrival time of a seismic phase ti minus the calculated
arrival time given by the origin time to plus the calculated
travel time Ti, the xj’s are the hypocenter coordinates, and
D indicates the (unknown) parameter perturbations. The
spatial derivatives @Ti/@xj have a simple relationship to
the seismic velocity V and the ray direction at the source,

@Ti
@xj

¼ �1
V

dxj
ds

(2)

where s is the path length parameter. Equation 1 represents
a nonlinear parameter estimation problem (Aster et al.,
2005) so it is solved iteratively, and some convergence
criteria must be defined. Mathematically, this problem
can be expressed as

GDm ¼ r (3)

where the matrixG contains the partial derivatives, Dm is
the vector of hypocenter perturbations (position and origin
time), and r is the residual vector. Equation 3 is typically
solved using iterative least squares, generally with some
type of regularization (Aster et al., 2005). For a layered
model, Geiger’s method can be extended from this simple
linearized form to a nonlinear form (Thurber, 1985), but
that is of more theoretical than practical interest.

The seismic phases used for location vary depending in
part on the epicentral distance domain – local (0–5�),
regional (5–30�), and teleseismic (>30�) (note that these
breakpoints are relatively standard ones, although that
for the local–regional is somewhat more arbitrary). At
local distances, first-arriving P and S phases are used
almost to exclusion. At teleseismic distances, first-P and
to a lesser degree first-S remain critically important, albeit
with such complications as shadow zones and triplica-
tions, but a virtual cornucopia of other phases is also avail-
able. Among them, the depth phases (solid-surface
reflections pP and sP and the water-surface reflections
pwP and swP), which have travel-time derivatives for
depth opposite in sign to the direct phases, have tremen-
dous value in constraining event depth, although
misidentification problems can be significant (Engdahl
et al., 1998; Engdahl, 2006). The outer core reflection
PcP has also proven quite useful (Schöffel and Das, 1999).

At regional distances, several factors combine to make
the location situation complex. The mantle refractions
Pn and Sn are the first-arriving body-wave phases, and
their amplitudes can be small relative to crustal arrivals.
Crustal thickness variations at a regional scale make accu-
rate prediction of regional travel times difficult. These
problems have an enormous impact on nuclear explosion
monitoring efforts, where the goal is to be able to locate
relatively small events often with only sparse regional
data. The use of later arriving phases (crustal body-wave
phases Pg, Sg, and PmP, and the surface-wave phase Lg)
and also arrival azimuth is relatively common for this
monitoring domain (Bratt and Bache, 1988). Arrival azi-
muth can be determined at high precision with a seismic
array, or by a single three-component station with much
lower precision.

There are some alternatives to Geiger’s method, most
of which fall into the general category of nonlinear optimi-
zation (Gill et al., 1981). One is the conceptually simple
grid search approach (Rowlett and Forsyth, 1984;
Sambridge and Kennett, 1986; Shearer, 1997; Lomax
et al., 2000; Rodi, 2006). Others include the simplex
method (Rabinowitz, 1988), genetic algorithms
(Sambridge and Gallagher, 1993), and simulated
annealing (Billings, 1994). Because these methods do
not involve least squares and the calculation of derivatives
(Equations 2 and 3), they are readily amenable to the use
of the more robust L1 norm (Aster et al., 2005), and some
can directly provide comprehensive uncertainty informa-
tion, a topic we turn to next.

Location uncertainty
In some circumstances, knowing the uncertainty of a seis-
mic event’s location may be nearly as important as the
location itself. The discussion of this topic can be sepa-
rated into two parts: precision and accuracy. Precision is
covered first, including a brief discussion of arrival-time
estimation (phase picking). Accuracy is a far more subtle
issue, with significant limitations on our ability to assess
it thoroughly.

The standard approach for the evaluation of precision is
the confidence ellipsoid (Flinn, 1965), which can be
obtained from the model covariance matrix (Aster et al.,
2005) for Equation 3,

Cm ¼ sd2ðGTGÞ�1½ðGTGÞ�1�T (4)

where for now we assume that the data errors have a uni-
form standard deviation sd, often estimated from the data
misfit, and are uncorrelated (independent). Given the
desired confidence level p (e.g., 0.95), the corresponding
confidence ellipsoid is obtained for m satisfying
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m�mð ÞTCm
�1 m�mð Þ ¼ kp2 (5)

where m* is the location solution and kp
2 is given by

kp2 ¼ 4sd2 Fp 4;N � 4ð Þ� �
= N � 4ð Þ (6)

with Fp the F statistic at confidence level p and N the num-
ber of arrival-time data (Draper and Smith, 1981). Some
limitations of this approach to uncertainty estimation
are (1) that the misfit-based estimate of sd becomes
unreliable for small numbers of observations (Evernden,
1969), (2) that it neglects the effects of velocity-model
inaccuracy and correlated errors, and (3) that the linear
approximation itself is inadequate in some circumstances.

Buland (1976) noted that data uncertainty estimated
from either the misfit or a priori experience is generally
too small due to the inaccuracy of the travel-time model.
He suggested that the sd value should simply be increased
to compensate for this problem. Jordan and Sverdrup
(1981) developed an elegant statistical approach for mak-
ing this compensation. Their philosophy is to replace the
usual a posteriori estimate of the data variance, sd

2, based
on the data misfit for an individual earthquake,

sd
2 ¼ rj jj j2= N � 4ð Þ (7)

with an estimate based on a combination of a priori and
a posteriori information:

sd
2 ¼ Ks02þ rk k2

KþN � 4ð Þ (8)

where the a priori variance estimate s0 is given a relative
weight of K. Thus, the a priori information is treated as
contributing K observations to the estimate of sd

2 and the
data for the particular event contribute N observations.
For self-consistency, given a large number of events, the
mean of the estimated variances should approach s0.
Jordan and Sverdrup (1981) also show that the distribution
of the estimated standard deviation needs to be consistent
with the adopted value of K. In the limit of no prior infor-
mation (K = 0), their estimate reverts to the standard
formula (Flinn, 1965), whereas for infinite prior informa-
tion (K = ?), their estimate becomes equivalent to that
of Evernden (1969).

One limitation of the Jordan and Sverdrup (1981)
approach is that it assumes an uncorrelated, Gaussian error
distribution with a constant data variance for all observa-
tions. Varying data uncertainty estimates can be incorpo-
rated simply by including a weighting matrix W in the
standard linearized analysis (Aster et al., 2005):

WGDm ¼ Wr (9)

(e.g., Bolt, 1960) and then solving the weighted system as
before. Weighting is generally done based on reported
arrival-time reading precision (Engdahl et al., 1998),
reported arrival quality (Buland, 1976), phase variance
as a function of distance (Engdahl, 2006), residual size
(Bolt, 1960), station distance (Klein, 1978), and/or azi-
muthal distribution of stations (Buland, 1976). However,
the Gaussian data error assumption is generally inappropri-
ate, as residual outliers are common in arrival-time data
(Bolt, 1960; Buland, 1986). Discussions of correlated errors
and their treatment can be found in Chang et al. (1983), Rodi
and Myers (2007), and Bondár and McLaughlin (2009).

The “uniform reduction” method (Jeffreys, 1939) is
effective for treating the situation of normally distributed
errors plus a background of outliers. Bolt (1960) assumed
a residual frequency distribution of the form

f ðrÞ ¼ asþ ð1� sÞ
s
ffiffiffiffiffiffi
2p

p exp � r � mð Þ2
2s2

 !
(10)

where a and s are constants and m and s are the mean
residual and its standard deviation. This corresponds to
a residual weighting function of the form

wðrÞ ¼ 1þmexp � r � mð Þ2
2s2

 !" #�1

(11)

with m = s (2p)1/2 a s/(1�s).
It is important to point out that estimating the phase

arrival time by itself is a difficult problem, particularly
for S waves and other secondary phases. Many seismic
networks use automated pickers, at least for preliminary
locations. Simple auto-pickers use a threshold of the ratio
of the short-term average (STA) to the long-term average
(LTA) of the signal amplitude (Allen, 1978, 1982; Ruud
and Husebye, 1992). There are a wide variety of other
(generally more computationally demanding) approaches.
Among these are energy analysis (Earle and Shearer,
1994), polarization analysis (Vidale, 1986; Cichowicz,
1993), autoregressive techniques (Maeda, 1985; Sleeman
and Eck, 1999; Leonard and Kennett, 1999; Leonard,
2000), wavelet analysis (Zhang et al., 2003), or some com-
bination (Wang and Teng, 1997; Diehl et al., 2009).

As noted above, constraints on event locations can be
improved markedly via the inclusion of secondary arrivals.
Gomberg et al. (1990) and Wilcock and Toomey (1991)
examine the importance of even a single S arrival in reduc-
ing location uncertainty. A “chicken and egg” problem with
the use of later phases is that their correct identification often
requires knowledge of the event depth and distance. Recog-
nizing this problem, Kennett et al. (1995) and Engdahl et al.
(1998) included a phase re-association step in their location
procedure. In their approach, catalog phase arrivals were
reidentified after each relocation iteration using a statisti-
cally based association algorithm. This approach can be
implemented by comparing probability density functions
(PDF’s) for relevant phases, centered on their theoretical rel-
ative travel times for a given hypocenter, to the observed
phase arrivals. When PDF’s overlap for a particular phase,
the idea is to assign a phase identification in a probabilistic
manner based on the relevant PDF values, making sure not
to assign the same phase to two different arrivals.
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The above discussion focuses almost exclusively on
location precision. There are two general approaches for
evaluating location accuracy: theoretical and empirical.
Pavlis (1986) carried out a thorough theoretical analysis
of both precision and accuracy aspects for local earth-
quakes. He identified and evaluated three sources of hypo-
center error: (1) measurement errors, (2) velocity-model
errors, and (3) nonlinearity. He treated the first via stan-
dard confidence ellipsoids, but the other two required the
establishment of error bound estimates. Billings et al.
(1994) explored aspects of (1) and (2) for the teleseismic
case using a combination of Monte Carlo analysis and
varying sets of observations, although their analyses
involved real data, not synthetic data. One general conclu-
sion of both these studies is that velocity-model-induced
errors can be as significant as measurement errors.

“Ground truth” (GT) events provide a direct, empirical
means to explore absolute location accuracy (also termed
location bias). Having GT events allows one to evaluate
location and uncertainty estimation strategies empirically
that, for example, produce 95% confidence ellipses that
overlap the true locations 95% of the time. This avenue
of research has been motivated primarily by nuclear
explosion monitoring needs (see Seismic Monitoring of
Nuclear Explosions), but also is an important aspect of
research on one-dimensional (1D) and three-dimensional
(3D) earth models (see Seismic Tomography). See Bondár
and McLaughlin (2009) and references therein for recent
work on absolute location accuracy and Thurber and
Engdahl (2000) for a review of the development of global
1D models.

The San Andreas Fault Observatory at Depth (SAFOD)
provided a unique test of absolute location accuracy. One
of SAFOD’s goals (unfortunately not yet realized) was to
penetrate the rupture zone of a magnitude �2 repeating
earthquake. This required determining a borehole trajec-
tory that would pass within 100 m of the target event.
Using data from a dense temporary array, permanent net-
works, deep borehole instruments, and active-source
experiments, Thurber et al. (2004) carried out 3D tomog-
raphy and used “virtual earthquakes” (receiver gathers of
shots recorded on borehole instruments, effectively pro-
viding sources of known location at depth) to assess abso-
lute location accuracy. Their work succeeded, as
subsequent borehole recordings of target earthquake after-
shocks showed the target event to lie within 100 m of the
borehole.
Multiple-event location
There are two distinct but complementary aspects to this
topic that will be discussed. One is the suite of methods
used to infer the relative locations of events, including
joint hypocenter determination (JHD), hypocentroidal
decomposition (HDC), and double-difference (DD)
methods. Note that local earthquake tomography takes
multiple-event location a step further to determine seismic
velocity structure simultaneously with the locations of
many earthquakes (see Seismic Tomography). The other
is the use of waveform cross-correlation (WCC) methods
to determine differential times (DT’s) and/or pick
adjustments.

The use of catalog DT’s for determining relative loca-
tions of earthquakes (or explosions) has been a fruitful
field of work for many decades (e.g., Douglas, 1967).
The precision of WCC DT’s allows for spectacular rela-
tive location results to be achieved over a broad range of
spatial scales when DT’s fromWCC are used in combina-
tion with joint location techniques. These and other stud-
ies have demonstrated the substantial improvement in
the delineation of seismogenic features or in the accuracy
of relative locations of GT events that is possible using
multiple-event location methods in concert with high-
precision arrival-time or differential-time data. WCC is
covered first to streamline the subsequent discussion of
the relative location techniques.
Waveform cross-correlation
For a pair of earthquakes that are located close to each
other (relative to the predominant wavelength of the seis-
mic signal from them) and have similar source mecha-
nisms, the waveforms from them observed at a particular
seismic station will be similar. The work by Poupinet
et al. (1984) to use (frequency-domain) WCC on the coda
of similar earthquakes (“doublets”) to detect temporal
changes in seismic velocity followed by the study of
Fremont and Malone (1987) using the sameWCCmethod
to determine high-precision relative arrival times and
earthquake locations at Mt. St. Helens ultimately led to
an explosion in the use of WCC and location techniques
in the 1990s and beyond.

The time-domain method for WCC is relatively simple,
although computationally demanding for large sets of
events. Windowed waveform segments spanning the time
of the relevant arrival (P or S) for a pair of earthquakes at
a particular station are cross-correlated over a range of lag
times to find the time lag corresponding to the best align-
ment of the waveforms (i.e., the maximum CC value).
Waveforms are typically filtered either with a simple
bandpass filter or with coherency weighting (Rowe
et al., 2002a). For very similar events (those with a high
CC value), it can be worthwhile to apply a frequency-
domain technique such as cross-spectral phase to deter-
mine the lag to a precision below the sample rate. This
procedure takes advantage of the fact that, as an example,
for two frequencies that are a factor of two different, the
phase difference at the higher frequency should be exactly
double that at the lower frequency. The lag is determined
by calculating the phase difference as a function of fre-
quency and fitting the result with a straight line through
the origin at zero frequency.

Most of the studies using WCC adopt a threshold value
(typically 0.7) below which DT’s are discarded. This can
result in good data being lost (correct lag value but low
CC value – e.g., due to a noisy record) as well as bad data
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being used (incorrect lag value but high CC value – e.g.,
due to a cycle slip). Du et al. (2004a) developed a proce-
dure to provide independent lag estimates for verification
of WCC results. They used the bispectrum (BS) method,
which works in the third-order spectral domain, to check
the reliability of the CC-determined time delay. They
calculated two time delays with the BS method, one using
the bandpass-filtered waveforms and the other with the
raw data, and used them to verify (select or reject) the
CC estimate computed with the filtered waveforms. This
approach appears to be particularly effective in reducing
cycle-slip errors.

Relative location
As noted above, the JHDmethod dates back to the work of
Douglas (1967). In its basic form, the method takes the
basic equation for earthquake location, Equation 1, adds
a “station correction” term Dsi, and sets up a large set of
equations for a suite of events, k = 1, K:

rik¼
X3
j¼1

@Tik
@xjk

DxjkþDtokþDsi (12)

As noted byWolfe (2002), JHD procedures assume that

if the hypocentral separations among a set of earthquakes
are small compared to the event-station distance and the
scale length of heterogeneity, then the ray paths between
the source region and a station are similar and the travel-
time error introduced by an incorrect velocity model has
a nearly constant value for a given station, thus justifying
the linear term Dsi. Pujol (2000) provides a review of JHD
methods mostly aimed at local-scale studies. Pavlis (1992)
presents a comprehensive analysis of relative location
errors.

Wolfe (2002) thoroughly analyzed the HDC and DD
methods. Her analysis shows that the solutions for both
operators are similar, with the double-difference operator
weighting fits to travel times on stations that record more
earthquakes more heavily. The HDC method was intro-
duced by Jordan and Sverdrup (1981). As the name indi-
cates, it involves decomposing the system Equation 12
via projection operators into one involving just the loca-
tions of the events relative to the (unknown) average loca-
tion (i.e., the hypocentroid). As Wolfe (2002) notes, the
projection is in fact a travel-time differencing operation.
The DD method of Waldhauser et al. (1999) and
Waldhauser and Ellsworth (2000) constructs the event-
pair difference equations directly, but it is distinguished
from the original Jordan and Sverdrup (1981) method by
evaluating the spatial derivatives at different points rather
than assuming that they are constant and by including
a separation-dependent weighting in order to reduce loca-
tion-dependent path bias. Modern HDC methods also
allow for spatially varying derivatives (Bergman and
Engdahl, 2001), and the appropriateness of separation-
dependent weighting has been subject to debate. The
Markov-Chain Monte Carlo approach of Myers et al.
(2007) takes a probabilistic approach that incorporates
the probability of phase identification errors in the estima-
tion of uncertainty.

Some examples of applications ofWCC combined with
relative location for microearthquakes at a local-scale
include: Switzerland (Deichmann and Garcia-Fernandez,
1992), Kilauea volcano, Hawaii (Got et al., 1994;
Rubin et al., 1998), California (Dodge et al., 1995;
Shearer, 1997; Waldhauser et al., 1999; Waldhauser
and Ellsworth, 2000; Schaff et al., 2002), Iceland (Slunga
et al., 1995), the Soultz geothermal field, France
(Rowe et al., 2002b), Mount Pinatubo, the Philippines
(Battaglia et al., 2004), New Zealand (Du et al., 2004b),
and Soufriere Hills volcano, Montserrat (Rowe et al.,
2004). At a regional scale, Schaff and Richards (2004)
determined relative locations for an earthquake sequence
in China using WCC on Lg waves. For teleseismic data,
WCC/relative location methods have been applied to body
waves for nuclear explosions at the Balapan test site
(Phillips et al., 2001; Thurber et al., 2001), to the after-
shock sequences of the great Sumatra earthquakes
(Pesicek et al., 2010), and to global seismicity
(Waldhauser and Schaff, 2008).

Summary
Despite being one of the oldest quantitative problems in
seismology, it is clear that there is still much to learn about
earthquake location. The combination of WCC and high-
precision relative location has brought new excitement to
this rather old field of research. At the same time, the
needs of nuclear explosion monitoring have motivated
the careful study of absolute location capability and statis-
tically consistent uncertainty estimation.
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Synonyms
Richter scale
Definition
The magnitude of an earthquake is a number that charac-
terizes the relative size or amount of elastic energy
released by such an event (see Earthquakes, Energy). It
is usually based on measurement of the maximum ground
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motion recorded by a seismograph (sometimes for
a particular wave type and frequency) and corrected for
the decay of amplitudes with epicenter distance and source
depth due to geometric spreading and attenuation during
wave propagation (see Propagation of Elastic Waves:
Fundamentals).
0.1

0.01

0.001
0.001 0.01 0.1

Frequency (Hz)

1 10

Earthquake, Magnitude, Figure 1 Normalized amplitude–
frequency responses of standard types of seismographs (or of
their simulation filters) required for measuring several common
types of magnitudes in agreement with recent IASPEI (2005)
recommendations: Wood-Anderson seismograph and the short-
period (SP) and long-period (LP) seismographs used in the
former US World-Wide Standard Seismograph Network
(WWSSN) (Seismic Instrumentation). (Reprint from IASPEI, 2005.
With copyright granted by IASPEI.)
Original definition of earthquake magnitude
The first paper on earthquake magnitude was published
by Charles F. Richter (1935), titled An instrumental
earthquake magnitude scale. Therefore, often reference
is made to the size or strength of earthquakes as measured
on the Richter scale. Yet, this may be incorrect, espe-
cially for large earthquakes (magnitude saturation).
Richter (1935, p. 1) wrote: “In the course of historical
or statistical study of earthquakes in any given region it
is frequently desirable to have a scale for rating these
shocks in terms of their original energy, independently
of the effects which may be produced at any particular
point of observation.” The term magnitude scale was
recommended to Richter by H.O. Wood in distinction
to the name intensity scale (see Earthquakes, Intensity),
which classifies the severity of earthquakes mainly on
the basis of felt shaking or damage manifestations at dif-
ferent localities.

Richter compared records of a standard type of short-
period horizontal component Wood-Anderson (WA) tor-
sion seismograph at different distances and azimuths from
the earthquake source. All seismographs had an identical
frequency response (red curve in Figure 1) and a static
magnification of (said to be) 2800. Many stations in
Southern California were equipped with WA seismome-
ters. Figure 2 shows a typical record of a near earthquake.
Plotting for each event the logarithm of the recorded max-
imum trace amplitudes Amax over the epicentral distanceD
(see Earthquake, Location Techniques) Richter derived an
average attenuation law for a reference amplitude Ao up to
D = 600 km. He then corrected amplitudes measured at
different stations by the �log Ao(D) values. Thus mea-
sured amplitudes became comparable for a given event
and differences of corrected amplitudes for different
events indicative for difference in event size. In conclu-
sion Richter (1935, p. 31) states:

The magnitude of a shock is defined as the logarithm of the
calculated maximum trace amplitude, expressed in microns,
with which the standard short-period torsion seismometer
(To = 0.8, V = 2,800, h = 0.8) would register that shock at
an epicentral distance of 100 km.

Since then several other magnitude scales have been
developed. They are based on different types of seismic
waves (Bormann et al., 2002a; Body Waves; Surface
Waves), recorded by seismographs with different fre-
quency responses (e.g., those shown in Figure 1) and mea-
sured at different periods and source distances. Yet, all had
to be mutually scaled so that at certain magnitudes they
yield values in agreement with the above original
definition.
Local magnitude scales
The Richter scale is termed ML and applicable only to
earthquakes recorded at local to near regional distances,
typically less than 1,000 km distance. Its formula reads:

ML ¼ log10Amax � logAoðDÞ: (1)

Figure 2 shows how the trace amplitude A on a WA
max
record is measured and the distance D estimated via
the arrival-time difference between the P- and S-waves.
Figure 3 is a compilation of different –log Ao(D) calibra-
tion curves for different seismotectonic regions of the
world. The Richter values for Southern California form
the dot-step curve. Tabulated Richter values and calibra-
tion formulas for the other curves are given by Bormann
(2002).

Figure 3 illustrates that ML calibration functions may
strongly differ from region to region because of differ-
ences in crustal structure, thickness, age, heat flow and
related wave propagation and attenuation properties.
Therefore, in order to assure compatibility of ML values
measured in different regions one has to (a) investigate
the regional amplitude- attenuation conditions, (b) derive
regional calibration functions, and (c) scale them so as to
yield for identical amplitudes measured at 100 km epicen-
tral distance the same ML as with the Richter –log Ao(D)
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value at this distance. However, in order to assure a better
comparison of earthquakes in regions having very differ-
ent attenuation of waves within the first 100 km, Hutton
and Boore (1987) recommend to define local scales such
that ML = 3 corresponds to 10 mm trace amplitude on
a Wood-Anderson instrument at 17 km hypocentral dis-
tance rather than 1 mm at 100 km epicentral distance. Fur-
ther, empirical measurements proved that the static
magnification of the WA seismographs is not 2,800 but
around 2,080 � 60 (Uhrhammer and Collins, 1990).
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Earthquake, Magnitude, Figure 2 Record of a short-period
Wood-Anderson seismograph of a local earthquake. P marks the
onset of the first arriving longitudinal wave, and S that of the
shear wave. Note the long tail of scattered coda-waves following
S. From the time difference S – P = 24 s follows a distance of
about 190 km. The largest amplitude is Amax = 23 mm. With –
logAo(190 km) = 3.45 (Richter, 1958) Equation 1 yields ML = 4.8.
(Modified from Figure 1 in Bormann and Saul, 2009a. With
copyright granted by Springer.)
Moreover, gain and response of modern seismographs
may differ significantly from those of WA seismographs.
Therefore, the Working Group on Magnitude Measure-
ments of the International Association of Seismology
and Physics of the Earth’s Interior (IASPEI, 2005) recom-
mends for crustal earthquakes in regions with attenuative
properties similar to those of Southern California the fol-
lowing standard formula:

ML ¼ log10 Amax þ 1:11log10R

þ 0:00189  R� 2:09
(2)

where Amax = maximum trace amplitude in nm that is
measured on the output from a horizontal-component
instrument that is filtered so that the response of the seis-
mograph/filter system replicates that of a Wood-Anderson
standard seismograph but with a static magnification of 1,
and R = hypocentral distance in km, typically less than
1,000 km.

For crustal earthquakes in regions with different
attenuative properties and for measuring magnitudes with
vertical-component seismographs, the standard equation
is of the form:

ML ¼ log10 Amaxð Þ þ CðRÞ þ D (3)

where Amax and R are defined as in Equation 2, except that
A may be measured from a vertical-component instru-
ment, and whereC(R) andD have been calibrated to adjust
for the different regional attenuation and for any system-
atic differences between amplitudes measured on vertical
r (1958), Southern California
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2 Hz

 and Boore (1987), Southern California
r et al. (1991), Norway/Fennoscandia
988), Eastern North America
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instead of horizontal components. Besides ML scales that
measure Amax, typically of relatively weak motion, also
ML

SM scales have been developed, which are based on peak
ground accelerations (e.g., Lee et al., 1990; Hatzidimitriou
et al., 1993; Earthquakes, Strong-Ground Motion). Also
the duration d of the event record or of its coda length c after
the S onset can be used for estimating magnitude from
locally recorded data (Bormann et al., 2002b). Further, there
exist regression relationships which relate magnitude
values to other observed parameter data such as (see Earth-
quakes, Intensity). But any such alternative local scale
has to be developed individually for different seismic net-
works or regions because of regionally variable attenuation,
scattering, signal-to-noise and other conditions. Also, for
assuring the compatibility of their values these scales
should be calibrated with amplitude-basedML.

Teleseismic magnitude scales
Surface-wave magnitudes
BenoGutenberg modified the Richter scale for application
in the teleseismic range (D 	 20�; 1� = 111.22 km) by
using both body and surface waves. For shallow earth-
quakes the latter have by far the largest amplitudes in seis-
mic records (Figure 4). The Gutenberg (1945a) formula
for surface wave magnitude is

Ms ¼ logAHmax þ 1:656logDþ 1:818 (4)

with AHmax = vectorially combined maximum horizontal
surface-waves displacement amplitude in micrometer
measured at periods T around 20 s and the term 1.656
log D which compensates for the amplitude decay with
distance in the range 20� 
 D < 140�. Equation 4 is best
scaled for surface waves with oceanic travel paths.

Later, a group of Czech and Russian seismologists
investigated the propagation of surface waves with
dominatingly continental travel paths, using records of
seismographs of type Kirnos that are proportional to
ground displacement in a wide range of periods. They
found that surface waves may have their largest ampli-
tudes in a much wider range of periods between about
3 and 30 s, as confirmed by Bormann et al. (2009); (see
Figure 5). Moreover, estimates of Ms proved to be more
stable in a wider range of epicentral distances between
2� and 160� if one measures instead of Amax the ratio
(A/T)max (Vaněk et al.,1962). This ratio relates to ground
velocity Vmax= 2p(A/T )max and thus to the energy
contained in the respective wave group. Therefore, these
authors proposed a modifiedMs formula, which is IASPEI
standard for Ms determination since 1967:

Ms ¼ log A=Tð Þmax þ 1:66logDþ 3:3: (5)

National and global seismic networks and data centers

run or initiated by the USA accepted Equation 5. How-
ever, with the introduction of the WWSSN they did not
avail of medium- to long-period broadband displacement
records that were standard equipment at first-rate stations
over most of the Eurasian territory. Also, they continued
to measure Amax only at periods around 20 s rather than
true (A/T )max in the whole surface-wave train. But then
the use of Equation 5 results in significantly distance-
dependent Ms estimates (see discussion in Bormann
et al., 2009). Proposed new calibration functions for 20 s
surface-waves, e.g., by von Seggern (1977), Herak and
Herak (1993) and Rezapour and Pearce (1998) have not
yet been accepted as global standards. In contrast,
Kirnos-based Ms measurements in accordance with for-
mula 5 have ever since been carried out in the former
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Soviet Union and its allied countries, in the now Com-
monwealth of Independent States (CIS), and China.

Thus, two traditions of Ms measurements have been
practiced for half a century, producing a host of valuable
but not fully compatible data. Yet, the generic nomencla-
ture Ms does not allow to discriminate between these two
kinds of data. Moreover,Ms is measured by different agen-
cies still in sometimes different ranges of source-depth, on
different record components of different types of seismo-
graphs and sometimes even using different calibration
functions, e.g., the International Data Centre (IDC) of
the Comprehensive Test-Ban Treaty Organization (see
Seismology, Monitoring of CTBT ). This may result in pro-
cedure-dependent errors that have to be reduced by stan-
dardization of both nomenclature and procedures. This
task is eased by the fact that modern digital broadband
records allow to accurately synthesize records of classical
seismographs, on which the original definition of magni-
tude scales often rests. Moreover, modern broadband
records are mostly proportional to velocity and allow to
measure (A/T )max directly and unambiguously on unfil-
tered traces. Therefore, IASPEI (2005) recommends for
shallow earthquakes with source depth h< 60 km in future
two surface-wave magnitude standards, namely, (a) a
purely teleseismic one in the range 20� 
 D 
 160�,
termed Ms(20), or when written in the International Seis-
mological Format (ISF):

Ms 20 ¼ log10 A=Tð Þ þ 1:66 log10Dþ 0:3 (6)

where A = vertical-component ground displacement in
nanometer measured from the maximum surface-wave
trace-amplitude having a period between 18 and 22 s on
a waveform that has been filtered so as to replicate the
record of the WWSSN-LP seismograph (Figure 1), and
(b) another broadband (BB) surface-wave magnitude that
is measured in a wider distance range of 2� 
 D 
 160�,
termed Ms(BB), or in the ISF format:

Ms BB ¼ log10 A=Tð Þmax þ 1:66 log10Dþ 0:3 (7)

where (A/T )max = (Vmax/2p), with Vmax = ground velocity
in nm/s associated with the maximum trace-amplitude in
the surface-wave train recorded on a vertical-component
seismogram that is proportional to velocity, and where
the period T is between 3 s < T < 60 s. Ms(BB) generally
agrees well withMs(20), however, for weaker regional and
local earthquakes it may yield up to about 0.5 magnitude
units (m.u.) larger values than Ms(20) (Bormann et al.,
2009). Besides these two standard Ms there exist other
surface-wave magnitude scales. E.g., Bonner et al.
(2006) proposed a largely theory-based Ms(Vmax) that
requires multi-bandpass filtering and frequency-
dependent attenuation corrections. Another scale, termed
Mm (Okal and Talandier, 1989), uses very long-period
surface-wave amplitudes with periods between 60 and
400 s, which penetrate into the earth mantle. Mm does
not saturate (magnitude saturation) and thus is well suited
for tsunami warning (e.g., Weinstein and Okal, 2005).
Body-wave magnitudes
Gutenberg (1945b, c) teleseismic magnitude scales for
body-waves are applicable also to deep earthquakes down
to source depths h � 700 km. Diagrams and tables with
calibration valuesQ(D, h) for P, PP, and S waves (see Seis-
mogram Interpretation), covering the distance range
between about 5� and 170�, were published by Gutenberg
and Richter (1956) (see also Bormann, 2002). Figure 6
shows the Q-values for vertical component P waves. It is
the only classical body-wave scale which is still widely
used. The general body-wavemagnitude formula, applica-
ble in the range 20� 
D
 100� reads, whenA is measured
in micrometer:

mB ¼ log10 A=Tð Þmax þ QðD; hÞ: (8)

Gutenberg derived the Q-functions by analyzing

mostly medium- to long-period body-wave amplitudes
with periods 2 s < T < 30 s (Abe, 1981). Therefore he
did not account for frequency-dependent attenuation.
Yet, the latter becomes significant for P-waves with
T < 4 s (Di Giacomo et al., 2008). Further, Gutenberg
measured (A/T )max within the whole P-wave train and
not within a fixed short time window after the P-wave
onset. This was not taken into account when introducing
with the WWSSN in the 1960s a short-period P-wave
magnitude mb. It measured Amax on narrow-band
WWSSN-SP records (Figure 1) at periods < 3 s (mostly
around 1 s) at fixed time-windows. The main advantage
was the improved signal-to-noise ratio. It allowed
teleseismic magnitudes to be determined down to mb � 4.
mb became standard in all western countries, which
discontinued to measure mB. Yet, on average for values
above 5.5, mb tends to be smaller than other kinds of mag-
nitudes (see Figure 7). Reasons are discussed in the section
on Magnitude saturation.

Measurement procedures for mb have been rather
inconsistent, using different frequency responses, measur-
ing the amplitudes within different time windows, apply-
ing different calibration functions (e.g., the IDC). The
detrimental effect of such inconsistencies became strik-
ingly evident after the great Mw9.3 Sumatra earthquake
of 26 December 2004. The IDC reported mb = 5.7, CENC
6.3, NEIC 7.0 and the German Regional Seismic Network
(GRSN) 7.5. The IDC and CENC measured Amax within
5 s, the NEIC within 60 s, and the GRSN some 90 s after
the first P onset. Such differences for the same event on
a logarithmic scale are not tolerable and necessitate stan-
dardization of procedures. Broadband mB = 8.3 was still
larger than the largest mb value.

Based on such experience IASPEI (2005) proposes two
complementary teleseismic body-wave magnitude
standards:

mb ¼ log10 A=Tð Þ þ QðD; hÞ � 3:0 (9)

where: A = P-wave ground amplitude in nm, calculated
from the maximum trace-amplitude in the entire P-phase
train (time spanned by P, pP, sP, possibly PcP and
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their codas, and ending preferably before PP; Seismogram
Interpretation); period T < 3 s, D in the range 20� 
 D 

100� and h between 0 and 700 km. T and A are measured
on the output of a vertical-component instrument that
is filtered so that the frequency response of the
seismograph/filter system replicates that of a WWSSN-
SP seismograph (Figure 1). This new definition of mb
yields for great earthquakes significantly larger values
than common procedures. None the less, short-period mb
should – at least for mb > 5.5 – be complemented by
broadband mB(BB), which reads in ISF format:

mB BB ¼ log10 A=Tð Þmax þ QðD; hÞ � 3:0; (10)

where: (A/T)max = (Vmax/2p), with Vmax = ground velocity
in nm/s associated with the maximum trace-amplitude in
the entire P-phase train (see mb) as recorded on
a vertical-component seismogram that is proportional to
velocity at least in the period-range 0.2 s < T < 30 s;
Q(D, h), D and h ranges are as for mb.

Besides these two body-wave standards there exist sev-
eral other broadband P-wave magnitudes. Most of them
aim at fast estimates of the moment magnitude Mw (non-
saturating magnitude scales).
Relationships between magnitude scales
and released seismic energy Es
There is no “true” single magnitude parameter which can
sufficiently reliable and complete characterize both
size and shaking strength of earthquakes and thus related
Seismic hazard. Depending on the measured kinematic
parameters and their frequency range the magnitudes
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relate to different geometric, kinematic, or dynamic
aspects of the (see Earthquake Rupture: Inverse Problem).
Accordingly, the scales discussed so far do not scale 1:1,
agree in some value ranges but differ in others. Although
Figure 7 hints to sometimes nonlinear relationships, the
most important ones are reasonably linear within the range
of data scatter, e.g., that of Gutenberg and Richter (1956)

mB ¼ 0:63Ms þ 2:5: (11)

Equation 11 is well reproduced by the new standards

mB(BB) and Ms(BB) (Bormann et al., 2009) but differs
strongly from the mb�Ms(20) relationship (Gordon,
1971):

mb ¼ 0:47Ms 20ð Þ þ 2:79: (12)

Despite the shortcomings of narrow-band m and
b
Ms(20) they are particularly useful for discriminating
earthquakes and Nuclear Explosions.

Gutenberg and Richter (1956) published also a semi-
empirical relationship between mB and seismic energy Es:

logEs ¼ 2:4mB � 1:2 withEs in units of Jouleð Þ: (13)

When inserting Equation 11 into Equation 13 one gets
logEs ¼ 1:5Ms þ 4:8: (14)

M in all these formulas means M (20). But, 20 s dis-
s s
placement amplitudes are not very representative for the
radiated seismic energy, especially not for smaller earth-
quakes. Another relationship has been derived by
Kanamori et al. (1993) between ML and log Es for South-
ern California, valid in the range 1.5 < ML < 6.0:

logEs ¼ 1:96ML þ 2:05: (15)

But any such relationship allows only rough estimates

of Es within about an order of magnitude. This uncertainty
can nowadays be reduced, down to a factor of about 3–5,
by integrating squared velocity broadband records with
good signal-to-noise ratio in the teleseismic range and thus
measuring directly (see Earthquakes, Energy).
Magnitude “saturation”
Magnitude saturation is a widely but not uniquely used
term in seismological literature. Originally, one assumed
that classical magnitudes do not increase further beyond
some value of a reference magnitude of earthquake size
such as Mw (non-saturating magnitude scales) (e.g.,
Geller, 1976; Kanamori, 1983). However, such a complete
saturation is not supported by Figures 7 and 8 and recently
published data (e.g., Bormann et al., 2009). We therefore
may speak of magnitude “saturation,” or more correct
underestimation of earthquake size, also if one magnitude
Mx increases slowly with respect to increases in Mw (see
Figure 7). Such saturation may occur when the earthquake
rupture duration is much longer than the periods at which
Amax or (A/T)max are measured.
This is also illustrated by Figure 8, calculated for a com-
mon o�2 source model (Aki, 1967), assuming an average
rupture velocity, stress drop in the source volume and ratio
ES/M0. For details see Bormann et al. (2009). The spectra
have been plotted together with the periods, respectively
period ranges, at which mb, mB(BB), Ms(20) and Ms(BB)
are measured. The left panel is scaled to M0 = m D F
(where F = rupture area, D = average displacement over
the fault and m = average rigidity of the rock material in
the source volume) and the right panel to the time deriva-
tive ofM0 (moment rate), which is proportional to far-field
ground motion velocity. M0 can only be estimated cor-
rectly when displacement amplitudes are measured at fre-
quencies less than the corner frequency fc (left panel) and
seismic energy, which is proportional to the squared
ground motion velocity, only when velocity spectral
amplitudes are measured sufficiently wide around fc.
Accordingly,mb measured around 1 Hz necessarily begins
(on average) to underestimate bothM0 and Es forMw > 5
to 5.5, in contrast to the broadband magnitudes, which are
more closely related to M0 and Es up to Mw 7.5–8. The
spectral reasons for underestimating earthquake size or
energy release may be aggravated by too short
a measurement time window, which was rather common
for mb. Figure 9 illustrates both the spectral and time-
window component of magnitude saturation.

Non-saturating magnitude scales
Kanamori (1977) , Purcaru and Berckhemer (1978) and
Hanks and Kanamori (1979) proposed a non-saturating
magnitude scale for very large earthquakes, based on M0
data. Kanamori termed it Mw. For converting M0 into Mw
Kanamori (1977) replaced in Equation 14 Ms by Mw
and assumed an average ratio Es/M0 = 5�10�5 = constant.
This led to a relationship, which reads in the IASPEI
(2005) recommended standard form with M0 in units
of Nm:

Mw ¼ 2=3ð Þ log10 M0 � 9:1ð Þ: (16)

M calculations are nowadays routine at major seismo-
0
logical centers, either by measuring the displacement
amplitude u0 on the long-period asymptote (plateau) of
the wave spectrum, which is proportional to M0 after
correcting for the source radiation and wave propagation
effects (as done in Figure 8), or by fitting long-period syn-
thetic seismograms for different source models best to
long-period filtered real seismic records, using wave-
lengths that are larger than the rupture length (Dziewonski
et al., 1981). However, if this condition is not fulfilled, as
sometimes in routine computations, then also Mw may be
underestimated, e.g., for the great 2004 Sumatra earth-
quake values between 8.2 and 9.3 were reported. The last
value resulted from using either extremely long-period
free oscillation data (Stein and Okal, 2005) or from multi-
ple CMT source analysis (Tsai et al., 2005). For all major
earthquakes with Mw > 5.5 the Global Centroid Moment
Tensor (GCMT) project publishes moment tensor and
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Mw solutions usually within a few hours after the event
(http://www.globalcmt.org/CMTsearch.html). Regional
centers, such as the Swiss Earthquake Sercice, may pro-
vide – with larger time delay – such data down to Mw �
3.0 when dense quality networks close to the source are
available (Braunmiller et al., 2002).

Besides calculation of Mw via direct measurements of
M0 there exist several methods of fastMw proxy estimates,
e.g., Mwp in the context of tsunami early warning (Tsuboi
et al., 1999). Mwp scales nearly 1:1 with broadband mB
(Bormann and Saul, 2009a) but also tends to underesti-
mate very great and (see Slow Earthquake). More
advanced fast and non-saturating versions of broadband
P-wave magnitudes are Mwpd by Lomax and Michelini
(2009), the (unspecified) M by Hara (2007), and mBc,
a modified “cumulative” mB procedure for great multi-
ple-rupture earthquakes (Bormann and Saul, 2009b).
All these procedures account additionally for rupture
duration, estimated in real time. Another very perspective
promising new method for rapid non-saturating moment
tensor and Mw estimates uses very long-period W-phase
observations between the P-wave and S-wave arrivals
(Kanamori and Rivera, 2008).

However, both M0 and Mw are only long-period or
quasi-static measures of earthquake size and thus of the
tectonic earthquake effect. More relevant for assessing
seismic hazard in terms of the earthquake potential for
causing shaking damage are estimates of the amount of
released seismic energy Es and of the corner frequency fc.
These two parameters largely control the relative amount
of radiated high-frequency velocity amplitudes. This
necessitates, complementary Mw, also an energy-scaled
magnitude Me, which better relates to the kinematics and
dynamics of the earthquake rupture, such as rupture veloc-
ity and stress drop. Velocity-broadband records allow now-
adays to estimate (see Earthquakes, Energy) directly by
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integrating squared velocity amplitudes over a wide range
of periods around the peak of the velocity spectrum (see
Figure 8) and correcting them for wave propagation
effects. Comparing so determined Es values for hundreds
of shallow earthquakes with their NEIC Ms magnitudes
in the range 5.5 < Ms < 8.5 Choy and Boatwright
(1995) found

log Es ¼ 1:5Ms þ 4:4: (17)

Equation 17 differs from Equation 14 that was used for

deriving the Mw relationship 16 only in the constant.
Replacing in Equation 17 Ms by Me and resolving it for
Me yields

Me ¼ 2=3ð Þ logEs � 4:4ð Þ: (18)

Di Giacomo et al. (2010b) showed that their M (GFZ)
e
and the relatedMw(GCMT) agree on average in the range
5.5 < Mw < 9 within 0.1 m.u., with a standard deviation
SD = 0.25. The respective deviations between
Mw(GCMT) and Me(NEIC) are larger. The reason is that
Me(NEIC) is calculated from Es values to which theoreti-
cally derived source mechanism corrections have been
applied. In contrast,Me(GFZ) follows the tradition of clas-
sical magnitudes with no such corrections made to
measured Amax or Vmax. The pros and cons of such correc-
tions and of their size under real Earth conditions of wave
radiation and propagation are still a matter of debate and
require further research.

Me and Mw may differ for the same earthquakes up to
about 1 m.u. This is mainly due to the fact that earthquake
stress drop and the related ratio Es/M0 are not constant but
may varymore than two to three orders. Examples of strik-
ing differences inMe andMw have been published, e.g., by
Choy and Kirby (2004) and by Di Giacomo et al. (2010a).
Suitable seismotectonic setting provided,Me<<Mw may
be indicative for high tsunamigenic potential, and vice
versa, Me>> Mw for high shaking damage potential (see
also Figure 11 and related discussion).
Relationship between Mw, Me, and classical
magnitudes
Scordilis (2006) published global regression relationships,
based on many thousands of NEIC and ISC (International
Seismological Centre) mb and Ms values, with Mw values
of the US Geological Survey and of Harward. First regres-
sion relationships between IASPEI standard magnitudes
with non-saturating Mw, Me, and mBc have been derived
by Bormann and Saul (2008, 2009a, b) and by Bormann
et al. (2009). From the classical magnitudes, Ms relates
for strong earthquakes best with Mw, tends to be smaller,
however, for Mw < 6.2–6.5 and > 7.8–8.5 (see Figure 7;
Scordilis, 2006; Ekström and Dziewonski, 1988). Yet,
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Ms(BB) reduces to half the systematic underestimation of
Mw by Ms(20) towards smaller magnitudes (Bormann
et al., 2009). The Ms(20) bias had been predicted already
theoretically by Kanamori and Anderson (1975).

The first magnitude-energy Equation 13 had been
defined with mB. Automatically determined mB(GFZ),
which agrees with IASPEI standard mB(BB), correlates
very well with Me(GFZ) (Figure 10), allowing estimates
of Me via simple mB measurements with a SD = �0.18
m.u. Both magnitudes are based on ground motion veloc-
ity and therefore reflect – when compared with Mw – in
a similar way differences in source properties.

Figure 11 presents three records of equal Mw (within
0.1 m.u.), however very different rupture durations and
mB values. The Indian intra-plate Budj earthquake had
the shortest rupture duration of about 30 s, the most impul-
sive waveform and largest mB = 8.2, 0.6 m.u. larger
than Mw. This event caused tremendous shaking damage.
In contrast, the two very slow Nicaragua and Java earth-
quakes with rupture durations around 200 s were (see
Tsunami) earthquakes. Their mB values were 0.5 and
0.7 m.u. smaller than Mw. Both earthquakes were not or
only weakly felt at the relatively nearby coasts.

Summary and conclusions
The aim and historical development of magnitude scales
have been sketched, systematic inconsistencies between
CCM Δ = 27° mB 6.9

RUE Δ = 51° mB 8.2

S

100 s

S

S

PMG Δ = 39° mB 7.2

three earthquakes with similar Mw but exceptionally different
uration D is estimated from the envelope of high-frequency
to the time window from the P-wave onset until the envelop
(Copy of Figure 2 in Bormann and Saul, 2008, p. 700. With
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current measurement procedures and their sometimes detri-
mental effects been outlined, the need for international stan-
dardization highlighted, and the recently proposed IASPEI
standard procedures introduced. Reduction of magnitude
errors due to incompatible measurement practices is
a precondition for improving the usefulness of magnitude
data for a more realistic quick assessment of differences in
source physics and associated actual earthquake risk. No sin-
gle magnitude value can describe the peculiarity of individ-
ual earthquakes both in terms of their tectonic size and
shaking strength sufficiently reliable. A multi-magnitude
documentation in earthquake catalogs and a deeper under-
standing of the physics behind different magnitude data is
indispensable also for upgrading procedures aimed at
improvedmedium- to long-term seismic hazards assessment.
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Definition
The term earthquake is commonly used only to describe
sudden slip on a fault within the Earth that produces seis-
mic waves in the frequency bands that we can either feel or
observe with seismometers. However, other sources that
produce deformation of the Earth’s surface do not gener-
ate seismic waves but are instead observable with sensi-
tive geodetic instruments that measure the crustal
deformation directly. Because of the great advances over
the past few decades in observing and understanding
them, in this chapter we broaden the definition of earth-
quake to include these “quiet” sources of Earth deforma-
tion. Other chapters deal with some of these sources in
more detail.

With this enhanced definition, earthquakes encompass
a wide range of phenomena. The most common type we
often think of is rapid slip within the Earth. The motion
across a fault is typically of a shearing type but seismic
disturbances can include volumetric or planar expansion
in some settings, most notably near volcanoes. The classes
of “earthquakes” now observed can be categorized by
a rate of slip from very fast, kilometers per second, to slow,
millimeters per year, covering�12 orders of magnitude in
slip rate. Figure 1, taken from Ide et al. (2007), shows the
classes of earthquakes broken down by rate of the defor-
mation. Because of the varying speeds of the motions,
different types of instrumentation are required to cover
specific bands.

Types of earthquakes and related phenomena
defined
Here the types of earthquakes that produce crustal defor-
mation are briefly defined. Many of them are described
in detail in other chapters.

Tectonic earthquakes – Tectonic earthquakes are those
that occur in response to plate motions or other predomi-
nantly shearing sources. They result primarily from the
stick-slip behavior of faults. (Deep earthquakes occur by
other mechanisms but are not discussed here as they do
not visibly deform the crust.) As stress builds up across
a fault surface, friction on the fault prevents the surface
from sliding until the strength (some maximum shear
stress) of the fault is exceeded. Then the two sides of the
fault snap back (see elastic rebound below), releasing
some or all of the elastic strain built up. This slip occurs
at several kilometers per second, releasing high-frequency
seismic waves. These are by far the most common type of
earthquakes and the most destructive.

Tectonic tremors – These are a new type of seismic
disturbance first recognized in Japan in 2002 (Obara,
2002). Originally they were called non-volcanic tremors
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due to some similarities to volcanic tremors. Whereas tec-
tonic earthquakes are due to finite duration slip (on the
order of seconds to minutes) on the fault, tectonic tremors
appear as low amplitude, non-harmonic background
disturbances lasting days to weeks. They are comprised
in part of very small earthquakes but most of the signals
are incoherent. Often, but not always, they accompany
slow-slip events and are thought to be some aspect of the
same process (Rubenstein et al., 2010).

Volcanic earthquakes – Volcanic earthquakes are simi-
lar to tectonic earthquakes in that they are due to the failure
of rock along faults. However, their size is limited due to
the relatively small fault surface area available near
volcanoes.

Volcanic tremors – These earth disturbances are likely
caused by fluid (water or magma) moving inside the earth.
The signals are harmonic and can last a long time (relative
to tectonic earthquakes) but are generally of low ampli-
tude and generate little crustal deformation.

Slow earthquakes – Some earthquakes occur at slip
speeds that are slower than typical tectonic earthquakes
but fast enough to excite seismic waves. They occur when
slip is in materials of low rigidity such as accretionary
prisms of subduction zones. In such cases, they can
produce tsunamis that are larger than expected for the
earthquake’s magnitude. Examples are earthquakes in
Nicaragua (Kanamori and Kikuchi, 1993) and
New Zealand (Doser and Webb, 2003).

Low-frequency earthquakes – Such earthquakes, called
LFEs, have been observed in volcanic settings and more
recently associated with tectonic tremors at subduction
zones. As the name indicates they generate much lower
frequencies than normal tectonic earthquakes. In both set-
tings the low frequencies may be attributable to fluid inter-
actions (Shelly et al., 2006).

Slow-slip events – In this class of events, called SSEs,
the rupture speed is on the order of a few millimeters per
day. Thus the rupture propagates at 11 orders of magnitude
slower than a tectonic earthquake but only about 10 times
faster than tectonic creep at plate motion rates. At these
slow-slip speeds, seismic waves are not generated and
slow-slip events are not detected by seismometers.
To date, SSEs have been detected by geodetic instruments
at subduction zones, Kilauea and on the San Andreas fault.

Post-seismic slip events – Another type of crustal
motion that is often observed following large tectonic
earthquakes is due to afterslip, thought to arise from con-
tinued slip on the fault at slow speeds. Afterslip can in
small part be explained by aftershocks but the majority
of the slip occurs without producing seismic waves. Such
slip can last years and produce as much total slip as the
main earthquake itself. The afterslip events often decay
in accordance with Omori’s Law.

Mantle relaxation – Following large earthquakes, the
redistribution of the stress in the crust and mantle can
cause the mantle to flow in a viscous manner, which then
produces a long-period deformation of the crust above.
This signal can often be confused with post-seismic slip.

Induced earthquakes – Earthquakes are induced by the
activities of humans that modify the stress at shallow
depths in the Earth. Examples of such activities are min-
ing, drilling, and water impoundment behind dams.
Induced earthquakes tend to be of significant hazard
because they are very shallow and close to infrastructures
(see Artificial Water Reservoir Triggered Earthquakes).

Fault morphology – Most deformation of the crust is
accommodated by faulting. Crustal faults are the lasting
expressions of past earthquakes and provide a means via
geologic investigations to characterize the earthquakes.
Compilations of estimates of slip rates and fault lengths
are used to calculate long-term (Holocene, for example)
deformation rates in continental regions.
Elastic rebound theory
Large earthquakes, as noted above, are caused by slip on
crustal faults and exhibit stages of strain build-up and
release known as the earthquake cycle. A simple form of
this cycle is elastic rebound. The concept of elastic
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rebound as relating to the earthquake cycle was first intro-
duced by Harry Reid (Reid, 1910) following earthquake
observations in Sumatra and California. (See the interest-
ing, in-depth description of the history of elastic rebound
by Segall, 2010.) In this description, the crustal blocks
adjacent to a fault are stuck together by friction on the fault
surface and their relative movement causes strain in the
blocks (Figure 2a and b). The material comprising the
upper crust is thought to be linearly elastic, so the strain
increases over time in a steady fashion as long as the
blocks move at the same speed. At some point, the stress
on the fault reaches its strength, and the fault slips sud-
denly in an earthquake (Figure 2c). The strain accumu-
lated over decades to centuries is relieved in a matter of
seconds. The slip on the fault causes the stored strain
energy in the crust to be converted to kinetic energy which
in turn is emitted as seismic waves and heat and the stress
on the fault drops to a lower level. The use of the word
“rebound” in this case refers to the idea that any feature
on the surface, such as a fence crossing the fault, will
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Earthquakes and Crustal Deformation, Figure 2 Illustration of the
across the fault (a) is deformed by the strain around the fault in the
has offset the fence but also straightened it again by the release of
Parkfield CA resulting from the 2004 M6 earthquake (Redrawn with
return to its original shape (i.e., free of strain) after the
earthquake (Figures 2 and 3). The earthquake in a broader
sense produces permanent strain on a regional scale by
displacing the crustal blocks along the fault (and offsetting
the fence). Many observations of earthquake deformations
have validated the elastic rebound model – the example of
the 2004 Parkfield, California, earthquake rebound is
shown in Figure 2d (Barbot et al., 2009).

We have discovered in the past few years that elastic
rebound pertains not only to earthquakes of the type Reid
observed, but also to earthquake afterslip (Heki et al.,
1997) and so-called “slowslip events” (Dragert et al.,
2001). In these phenomena, illustrated by GPS time series
shown in Figure 4, slip on faults can occur at much slower
rates than it does during earthquakes. In these time series
showing the position of a point on the ground, the steady
motion of the linear earthquake cycle is interrupted not
only by earthquakes (abrupt offsets in Figure 4a) but also
by afterslip that decays with time. In slowslip events, the
linear site motion is interrupted for weeks to months
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Earthquakes and Crustal Deformation, Figure 3 Picture taken
in Marin County shows a fence that was offset about 10 ft
along the trace of the San Andreas fault by the 1906 earthquake
(Photo attributed to G.K. Gilbert; http://americahurrah.com/
USGS/26.htm).
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(Figure 4b) in Cascadia and New Zealand, for example.
The spatial pattern of the slip and our knowledge of the
rebound cycle guide our interpretation of these anomalous
signals as slip on the fault surface.

The simple picture of elastic rebound theory is a good
conceptual view of the earthquake cycle but in detail we
see that it is much more complex. As more and better
observations are made we see that the earthquake cycle
includes time-dependent deformations on many time
scales. These are discussed next.

Pre-seismic crustal deformation
The deformation of the Earth’s surface leading up to earth-
quakes has been of great interest to scientists for a long
time due to the quest to identify precursors for predic-
tion purposes. Such deformation can be grouped into
long-term and short-term signals. For the long-term, the
Earth deforms in the vicinity of faults largely in roughly
the elastic rebound manner described above. Mapping
out the temporal changes in crustal strain near faults is
being used extensively to identify which parts of the fault
are being loaded, or being subject to stress increases. In
a simple sense, the parts of the fault being loadedmay help
delineate the future rupture region but the details are far
from clear. For example, the current rate of loading of
the Cascadia subduction thrust is inferred from the results
of 15 years of GPS observations by McCaffrey et al.
(2007) (Figure 5) and has the important implications for
how close to populated regions the rupture may come dur-
ing a large subduction earthquake. Such studies have been
conducted for most subduction zones and continental
transform faults globally and the relationship of such load-
ing to seismic slip is just starting to be understood.

A now common approach to understanding the crustal
deformation between earthquakes (also called the
interseismic phase) is through the use of block models
(Matsu’ura et al., 1986; McCaffrey, 2002; and many
others). This method uses the idea that the crust or litho-
sphere is comprised of discrete entities (blocks) that are
bounded on their lateral sides by other blocks and at their
base by a stress-free region (asthenosphere). The lateral
boundaries between the blocks are described by their
frictional properties (i.e., a stuck fault). The blocks them-
selves rotate on the Earth’s surface and so the motion
can be described by an angular velocity (Euler pole) with
its origin at the center of the Earth. Frictional interactions
with adjacent blocks cause elastic strains to build in the
blocks. Hence, newGPS observations contain information
about both the angular velocities of the blocks (and slip
rates of their bounding faults) and the frictional properties
of the bounding faults. A recent example of this is the
January 2010 M 7.0 Haiti earthquake – block modeling
by Manaker et al. (2008) had shown that a M �7.2 was
possible for the Enriquillo Fault in Haiti (of course such
modeling does not tell when such an event will occur).

Another approach to understanding crustal deforma-
tion is to assume that at some depth below the surface,
the deformation field is continuous and that the surface
faulting is only a vague reflection of that motion
(England and McKenzie, 1982), in a similar fashion that
floating ice blocks may show the general, but not spe-
cific, flow pattern of the water beneath. In this case, the
surface faulting can be related to the continuous defor-
mation field only in a statistical manner and the deforma-
tion field cannot be used to predict slip on unknown
faults. On the other hand, the continuous deformation
approach can be more readily related to the forces driving
deformation through an assumption that the deformation
is controlled by a viscous, rather than elastic, Earth. (The
assumption of a viscous medium is required to relate our
observations of deformation rates to forces.) For exam-
ple, Jones et al. (1996) relate crustal deformation in the
western USA to gravitational forces arising from spatial
variations in crustal thickness acting on a viscous
medium.

Short-term crustal deformation around faults leading
up to earthquakes is much more elusive. To date there
have been few or no convincing cases of isolated changes
in deformation in the days to months prior to a large
earthquake. Mogi (1985) shows evidence for accelerated
uplift at tide gages in the 5 years preceding the 1983 Sea
of Japan earthquake (see also Scholz, 2002). This evi-
dence must be considered less certain than it was a few
years ago before we knew of slowslip events. Although
no SSEs have been observed in the past 10 years on mod-
ern GPS equipment in the vicinity of the 1983 earth-
quake, we cannot rule out that the pre-earthquake uplift
was due to slowslip on the fault that subsequently rup-
tured (or some other fault) rather than a useful precursory
change prior to the quake. (Because many SSEs have
occurred without triggering tectonic earthquakes, we
know that slowslip events are NOTshort-term precursors
to earthquakes.)
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Earthquakes and Crustal Deformation, Figure 4 (a) The east position of continuous GPS site SAMP in northern Sumatra leading up
to and following the December 2004 and March 2005 great earthquakes at the Sumatra subduction zone. The earthquakes each
caused large sudden offsets of about 100 mm. The afterslip, which decays in a logarithmic fashion, produced over 100 mm of
additional motion in the 3 years following the earthquakes. (b) GPS time series from Cascadia and New Zealand showing the geodetic
signature of “slowslip” events. These events produce offsets of the time series but, unlike earthquakes, the offsets occur over weeks
to months, rather than minutes. The solid lines show the linear trends (steady site velocities) between the slip events.
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Co-seismic crustal deformation
The term co-seismic refers to the time right around the
earthquake when the fault rupture is still propagating and
seismic waves are being generated. Generally this
amounts to a few seconds for a magnitude 6–7 earthquake
and a minute or more for M> 8. The 2005 M9.3 Sumatra
earthquake is thought to have ruptured for about 5 min –
this is the time it takes to rupture such a long fault
(�1,300 km) at typical rupture speeds (� 3–4 km/s).
Earthquakes generate both dynamic displacements, those
that propagate but return to their original positions after
the waves pass, and static displacements that are perma-
nent. Seismometers can record the dynamic motions
within their pass band but cannot measure the static dis-
placement which requires geodetic instrumentation. Both
the dynamic and static displacements induce stress
changes in the crust and mantle that can lead to other
forms of crustal deformation, such as triggered earth-
quakes, afterslip, slowslip and mantle relaxation. While
GPS observations can measure the passing waves for very
large earthquakes (as can seismographs), we are more
concerned here with the static displacements.

The static displacements from a large earthquake pro-
vide much information on the faulting process and can
be measured by comparing the position of ground points
before and after the earthquake (Figure 2d). However,
because the points are moving constantly due to tectonic
plate motions and fault-induced elastic and anelastic
strain, as discussed above, it is not always easy to know
where the points were just prior to the earthquake.
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Consequently, in many active regions of the world, GPS
data are collected continuously (called continuous GPS,
or cGPS) which provide a direct measure of the pre-quake
position. However, such observatories are expensive and
generally not sufficiently dense to characterize the earth-
quake details when one happens. The geodetic character-
izations of most earthquakes are now based on
a combination of cGPS and survey-mode GPS, where
measurements are made intermittently.
Simple physical representations of the Earth have been
quite successful in characterizing the slip during large
earthquakes based on the observed static displacements.
(Seismic waves are also used to estimate the slip distribu-
tions of earthquakes – see Earthquakes, Source Theory).
The most commonly used structure and source representa-
tion is the elastic, half-space dislocation (see Segall,
2010). The popularity of this method owes to the simplic-
ity of the algorithm published by Okada (1992, 1995) for
use in three dimensions and its success in reproducing
the observations. More times than not, the geodetic and
seismologic representations of an earthquake source agree
within the levels of accuracy. In fact, when they do not
agree, the blame is often placed on the complexity of the
source rather than on the techniques.

Such studies of the distributions of slip on the fault dur-
ing earthquakes have shown us just how complex the slip
can be. It remains enigmatic why the earthquake slip dis-
tributions (fault unloading) are so much more heteroge-
neous that the loading distribution (as estimated from
interseismic studies as discussed above). This is one of
the challenges facing us if we want to use contemporary
fault loading measurements to understand the real earth-
quake hazards.
Post-seismic crustal deformation
Unlike pre-seismic deformation, many striking examples
of post-seismic deformation have been documented for
large- and moderate-magnitude earthquakes. The mecha-
nisms of this deformation are most likely either continued
slowslip on the fault or adjustment of the viscous mantle
or lower crust to the changes in stress brought about by
the earthquake.

It has been known for a long time that large, shallow
earthquakes produce aftershocks that decay with time (t)
in a 1/t fashion. This aftershock decay was explained by
the changes in friction on the fault as the slip rate decayed,
known as Omori’s Law. Continued slip on faults after
large earthquakes sometimes shows a similar decay and
this decay follows Omori’s Law as well (though the total
slip is many times greater than what can be explained by
aftershocks alone). The first clear example of significant
afterslip was for the 1994 Japan Trench earthquake
observed by Heki et al. (1997) where the relatively
aseismic afterslip exceeded the co-seismic slip magnitude
in the year following the earthquake. The 2004 Parkfield
earthquake was followed by aseismic afterslip that was
about three times the co-seismic slip (Johanson et al.,
2006).

We now describe themagnitude of an earthquake or any
other slip event with the moment-magnitude scale. For
a slip event on a fault, the moment Mo is defined as the
average slip magnitude times the area of that slip times
the rigidity modulus of the rocks around the fault, and
the magnitude is Mw= 2/3 log (Mo)� 9.5 (Hanks and
Kanamori, 1979). Hence moment can be based on either
seismic or geodetic measures of the slip and area and these
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can be compared. By making such comparisons we now
understand that aseismic afterslip (or slowslip) contributes
as much or more to the total slip budget on some faults as
do earthquakes. This discovery has positive implications
for earthquake hazards in the sense that seismic events of
a given size may be less frequent than previously
estimated.
Observational advances and new discoveries
Our knowledge of the existence of the various types of
earthquakes and their structures and our understanding
of them rely on our ability to detect them and explain the
observations. In the past 20 years, great advances in
instrumentation have led directly to the detection of some
new types of deformation sources. They, along with new
analytical algorithms, have greatly advanced our under-
standing of earthquakes and crustal deformation. Here,
we describe some of these new methods and the important
discoveries that they have allowed.

Possibly the greatest advance in the past couple of
decades has been in the use of remote sensing in earth-
quake and crustal deformation studies. These new
methods include the Global Positioning System (GPS),
Interferometric Synthetic Aperture Radar (InSAR), and
Light Detection and Ranging (LIDAR). The first two of
these allow us to measure displacements of the Earth’s
surface using information obtained from satellites orbiting
the Earth. With repeated measurements we can watch the
temporal variations in surface deformation with great
accuracy. LIDAR is allowing unprecedented resolution
of the topography of the Earth’s surface beneath the bio-
logical layer and has delineated geologic structures
(faults) in regions that are too remote or forest-covered
to find otherwise.

GPS, in particular when used in the differential mode,
has resulted in the detection of the large, slow movements
along faults – slowslip, post-seismic, afterslip, and mantle
relaxation described above. Today, thousands of GPS
instruments operate continuously at sites around the globe
providing daily estimates of the site’s three-dimensional
position, which can be combined to form the equivalent
of a displacement seismogram. The positional accuracy
achieved for any given day is on the order of a few milli-
meters. The signal can also be sampled at a smaller time
interval, such as seconds, to record the passing seismic
waves in addition to the total static displacement produced
by the earthquake. Such a resampling is possible only for
very large earthquakes where the ground motions exceed
a few millimeters. However, the greatest contribution of
GPS has been in the discovery of crustal deformation
sources that do not produce seismic waves.

The knowledge that fault movement could occur at
rates somewhere between fast slip (km/s) and creep
(mm/year) has been with us for years – such motions were
observed on strain meters near the San Andreas fault in
California (e.g., Linde et al., 1996). However, these slip
events were very small compared to sizes of earthquakes
on the fault. As described above, the observation by Heki
et al. (1997) that post-seismic slip exceeded the slip during
the earthquake itself was remarkable as it changed our
ideas about how often earthquakes should occur on
a given fault. In other words, we could no longer expect
that the total slip on a fault in a given time period would
be accompanied by earthquakes, an idea that held its roots
in elastic rebound theory. Instead, some large portion of
fault could slip without earthquake shaking.

As remarkable as that discovery was, in 1999 Dragert
et al. (2001) recorded in theWestern Canadia Deformation
Array (continuous GPS network) a very slow deformation
of the ground that looked just like a M� 6.7 earthquake,
except that it occurred over 2 weeks time instead of just
a few seconds. The maximum surface displacement was
only 5 mm and at the time no seismic waves were
detected. The slow surface deformation was interpreted
by them to be due to slip on the Cascadia subduction
fault directly beneath the GPS network. The slip on the
fault was very slow, amounting to only 2 cm over the
2 weeks – this was 12 orders of magnitude slower than slip
during a normal earthquake (�3 km/s).

Around the same time, Obara (2002) discovered the
presence of low-level incoherent but intermittent seismic
signals, called tectonic tremor above, coming from the
subduction fault beneath Japan. Importantly, these signals
appeared to originate on the fault just below the deepest
slip extent from recent large earthquakes. Initial sugges-
tions were that the tremor coincided in space and time with
slowslip (Rogers and Dragert, 2003) but additional studies
of both phenomena have not born that out. Further
detailed studies of tectonic tremor requiring new seismo-
logical techniques revealed that it is likely in part due to
numerous small thrust earthquakes of very low frequen-
cies, called low-frequency earthquakes (LFE), on the sub-
duction thrust boundary (Shelly et al., 2006). However,
when they occur together, the total slip that can be
accounted for with these small quakes is far less than what
is seen in the slowslip events. Hence, it appears that the
majority of the slowslip is indeed seismically silent.

While GPS provides a fine temporal sampling of the
deformation, it is generally sparse in the spatial dimension
because continuous GPS installations are expensive. The
use of differential satellite interferometry (InSAR) has
helped fill in the spatial gaps in pictures of the deformation
of the Earth’s surface by earthquakes and volcanoes. The
InSAR method uses the interference patterns between
two or more radar images of the ground that have been
obtained from satellites. Comparing the images allows
estimation of the displacement of the ground in the direc-
tion of the satellite (the LOS or line-of-sight component).
The method relies on the ground surface changing at long
wavelengths only, so that the images have strong correla-
tion (coherence) and can be matched. InSAR provides
a scalar observation of the deformation but at high spatial
density (Figure 6) whereas GPS provides a vector of the
deformation at high temporal sampling. Many studies
use GPS and InSAR together to characterize the
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Earthquakes and Crustal Deformation, Figure 6 Interferogram showing the ground deformation observed during the December
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evident. (Image with permission from Funning et al. [2005].)
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deformation, taking advantage of the strengths of both
types of observations.

The LIDAR method is extremely useful in detecting
faults that intersect the ground surface. Because it uses
shorter wavelengths than radar, it allows us to see finer
features. Very often, faults produce only subtle lineations
on the ground surface, which can now be detected at the
sub-meter level. While LIDAR does not give details
of the fault, like the slip rate, it can pinpoint targets for
additional field study. An example of the utility of the
LIDAR method is the delineation of the Seattle Fault in
northwestern Washington state (Haugerud et al., 2003).
This fault, which crosses the highly populated Puget
Sound region, produced a large earthquake about
1,100 years ago. The fault scarp is large and obvious in
some places but subtle and covered in forests in others.

The advance of the new geodetic techniques has
had such a positive impact on geophysics that major orga-
nizational steps have been taken to utilize them. The con-
sortium of universities called UNAVCO (University
Navstar Consortium; unavco.org) was developed to sup-
port the global research community in the use of geodetic
tools. In several countries, permanent dense geodetic net-
works and similar consortia have been established to mon-
itor earthquakes and their associated phenomena.

Perspectives
Our ideas about earthquakes sensu strictu have undergone
drastic changes in the past few years. Elastic rebound the-
ory, while still a sensible conceptual model, does not cover
the large range of observed phenomena that make up the
earthquake cycle. A clear challenge that still faces us is
to tie together the various deformation processes we
observe throughout the cycle into a comprehensive
earthquake theory. Some of the more important goals are
to understand the observations we make in terms of future
earthquake risk. For example, although we can measure
current loading of faults quite well by its elastic strain near
the fault, we do not know what it means for the slip distri-
bution in future events. Geodetic methods of measuring
crustal deformation have a short history relative to the
times between large earthquakes, so geologic methods
including paleoseismology (see Paleoseismology) and
LIDAR that extend the observation history are crucial.
Continued study and understanding of the aseismic slip
events and tectonic tremor on faults may pay big divi-
dends toward delineating the parts of the faults that are
prone to seismic slip during large destructive earthquakes.
The acquisition of deformation data at high resolution in
both time and space will assist greatly in understanding
processes operating at depth within the Earth.
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Synopsis
Strong motion earthquake warning (also known as earth-
quake early warning) is the rapid detection of an earth-
quake underway, the estimation of the ground shaking
likely to result, and the issuance of an alert to people in
the region where the ground shaking is likely to be hazard-
ous. The last decade has seen rapid development of meth-
odologies for early warning, which include the use of
strong motion observations close to the epicenter to pro-
vide warnings at greater distances, the use of P-wave
observations across a network to locate the event and
map the distribution of likely strong ground motion, and
the use of a P-wave detection at a single station to estimate
the likely shaking intensity at the same station. These
approaches have been listed in the order of increasing
warning time, but the additional warning time comes at
the expense of certainty. The earlier a warning is provided
the greater the likelihood of false and missed alarms and
the greater the uncertainty in the estimated shaking inten-
sity. Typical warning times range from a few seconds to
tens of seconds; the upper limit is about 1 min. Identified
applications include personal protective measures where
individuals move to a safe-zone within a few feet; auto-
mated mechanical response including stopping trains and
isolating sensitive and hazardous machinery and
chemicals; and situation awareness by large organizations
that can help prevent cascading failures and be available
before shaking disrupts communications. Large-scale
public warning systems are currently operational in
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Mexico and Japan, and smaller systems are used in Roma-
nia, Turkey, and Taiwan. Testing is underway by seismic
networks in many other countries; however, implementa-
tion will require significant financial, political, and socio-
logical hurdles to be crossed.

Introduction
Strong motion earthquake warning, more commonly
referred to as earthquake early warning (EEW), is the
rapid detection of an earthquake underway, estimation of
the intensity of ground shaking likely to result, and issu-
ance of a warning in the area likely to experience damag-
ing strong motion. It provides high-probability warnings
of shaking likely to occur within seconds to tens of sec-
onds. The ability to provide warnings is relatively new
and due to recent scientific development of methodologies
to rapidly estimate the size of earthquakes underway,
coupled with modern engineering of rapid communica-
tions to collect seismic data and distribute warnings, and
a political will to operate state-of-the-art geophysical net-
works for the purpose of both scientific discovery and
societal benefit.

EEW is one of three categories of earthquake warnings.
Long-term warnings provide relatively low probabilities
of earthquakes over long time periods, typically decades,
and are usually referred to as earthquake forecasts. On
these long timescales, earthquake likelihood can be esti-
mated based on historic earthquake recurrence intervals
and plate motion rates, linked together with deformation
models incorporating fault geometries. For example, the
probability of an M > 6.7 earthquake on the Hayward-
Rodgers Creek fault that crosses the UC Berkeley campus
is estimated to be 31% over 30 years (Working Group on
California Earthquake Probabilities, 2007). These fore-
casts are also translated into estimates of ground shaking
intensity that can be used to define building codes
designed to prevent new buildings from collapse in the
forecast of earthquakes.

The other end-member is earthquake prediction. The
term prediction usually means a high probability of
a large, damaging earthquake over a short time interval.
For example, predicting an M> 7 earthquake on the Hay-
ward Fault next week (Allen, 1976). Earthquake predic-
tion is currently not possible, as we have not been able
to identify a precursory signal that consistently occurs
before earthquakes, and most seismologists agree that pre-
diction will not be possible in the near future. EEW is
intermediary in that it is possible to provide warning
before shaking is felt, however, the warnings are only
a few seconds to tens of seconds.

Uses of early warning
Uses of EEW that have been identified to date fall into
three broad categories (Allen et al., 2009d): personal pro-
tection, automated mechanical actions, and situation
awareness. The first use that people think about when
introduced to early warning is personal protection. For
most people, given that there will only be a few to a few
tens of seconds of warning, the appropriate action is to
move to a “safe-zone” within a few meters of your current
location – under a sturdy table, away from falling hazards
including windows, bookshelves, etc. These safe-zones
need to be identified ahead of time in the locations that
people spend most of their time, that is, in their homes
and offices or workplaces. In most cases there is not suffi-
cient time to evacuate buildings, and EEW is no substitute
for building standards that prevent building collapse. It
currently takes schoolchildren in Japan and Mexico �5 s
to get under their desks in response to audible warnings.
Outdoors, people should move away from buildings,
masonry walls, and other falling hazards including broken
glass, street signs, etc. In hazardous work sites including
construction sites, manufacturing and chemical facilities,
the same principle applies: move to predefined safe-zones.

The second category is automated mechanical control.
Within the transportation sector, implemented warning
systems are currently used to slow and stop trains, stop air-
planes from landing by issuing a go-around command,
and to bring traffic to a halt. They could also be used to
turn metering or tollbooth lights to red at the entrance to
vulnerable road bridges, tunnels, and overpasses. Within
buildings, warnings are now used to stop elevators at the
next floor and open the doors, open emergency exit doors
and window blinds, and turn on lights. Industrial facilities
use the warning to place machinery or product into a safe
mode. For example, a chip manufacturer in Japan places
sensitive micro-robots into a hold mode to reduce damage,
and isolates hazardous chemical systems to minimize any
resulting leaks. In Japan, engineers are also experimenting
with using warnings within automated structural control
systems that change the mechanical properties of the
building to better withstand the expected shaking. This is
an area where there are a myriad of possible applications,
most of which are very specific to individual users.

Finally, situation awareness is very important to organi-
zations with responsibilities for large infrastructures and/
or people. These include government agencies, utility,
and transportation companies. While these groups may
take early warning actions, they also have a need to rapidly
understand why part or all of their system is failing. For
example, an electrical power grid may start to fail in one
area, and operators need to rapidly understand why it is
failing in order to reduce cascading failures throughout
the system. EEW can provide this information more rap-
idly than any of the existing post-earthquake information
systems. EEWalso has the advantage that much of the data
needed to map out the likely shaking is collected before
significant shaking has occurred. This means that the
information can be transmitted across data-networks and
out to users before strong shaking has the opportunity to
disrupt communications.

One of the main concerns expressed in response to the
early warning concept is panic: will people panic when
they receive the warning and injure themselves or others
as a result. Social scientists have long studied this issue
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and find that it is not the source of concern that many seis-
mologists think it is (Quarantelli, 1956; Goltz, 2002). The
experience that we now have from public warnings in
Mexico and Japan provides no evidence that warnings
result in panic (Espinosa Aranda et al., 2009; Kamigaichi
et al., 2009). There is no evidence for traffic accidents
resulting from warnings and no evidence of public stam-
pedes. Implementation of EEW does require an educa-
tional campaign to educate people about what EEW can
do and help them identify the appropriate actions in their
locations (Kamigaichi et al., 2009).
Approaches to early warning
All EEW methodologies must use just a few seconds of
data to detect an earthquake underway and rapidly assess
its intensity. There is generally a trade-off between the
amount of warning time and the accuracy or certainty of
the warnings. Greater certainty requires more data from
one or more stations, but waiting for that data reduces
the warning time. The challenge when building an early
warning system is to determine whether additional accu-
racy is worth the increasing delay.

Strong-motion-based warning. The first warning meth-
odologies used this approach. When strong ground shak-
ing is observed at one location, close to the earthquake
epicenter, the shaking intensity at greater distances can
be estimated using ground motion prediction equations
and a warning transmitted ahead of the ground shaking.
This approach is called front detection and is used in Mex-
ico City where the earthquake source zone is �300 km
from the city. Figure 1 shows the time at which peak
ground shaking was observed at all available stations
recording nine M 	 6 earthquakes. A strong-motion-
based warning would be possible at some point between
10 s and 20 s after the origin time for these events,
depending on the proximity of the closest station(s).
By 20 s, the onset of strong shaking is �60 km from the
epicenter meaning that warnings based on peak-shaking
observations near the epicenter are only available at dis-
tances greater than �60 km. The region within �60 km
of the epicenter would get no warning and is referred to
as the “blind zone.”

P-wave based warning. To reduce the size of the blind
zone, P-wave based methodologies are used. These
approaches use a few seconds of the P-wave to estimate
either the magnitude or the peak-shaking amplitude. In
order to estimate the magnitude, a variety of parameters
have been developed that are measures of the frequency
content (Nakamura, 1988; Allen and Kanamori, 2003;
Kanamori, 2005) or the amplitude (Kamigaichi, 2004;
Wu and Kanamori, 2005b; Zollo et al., 2006; Cua and
Heaton, 2007; Wurman et al., 2007; Böse et al., 2008;
Wu and Kanamori, 2008b; Köhler et al., 2009). In order
to estimate magnitude, amplitude-based parameters need
to be corrected for epicentral distance. However, the fre-
quency-based parameters have been found to be insensi-
tive to epicentral distance provided the observations are
made within �100 km of the epicenter. For all of these
parameters empirical scaling relations between the obser-
vation and earthquake magnitude have been developed
so that magnitude (plus or minus some uncertainty) can
be estimated from an observation at one or more stations.

Regional warning. When a regional network is avail-
able, P-wave based estimates of magnitude can be com-
bined with an estimate of the earthquake location to then
map the distribution of strong ground motion using
ground motion prediction equations. In their simplest
form these maps are a “bulls-eye” centered on the epicen-
ter. Corrections can also be made for site amplification
effects. Examples of this approach include ElarmS (Allen,
2007; Wurman et al., 2007; Allen et al., 2009a; Brown
et al., 2009), Presto (Zollo et al., 2009), the Virtual Seis-
mologist (Cua and Heaton, 2007; Cua et al., 2009), and
the NIED approach in Japan (Horiuchi et al., 2005).

When using a regional network, P-wave observations at
multiple stations can be combined in order to verify that an
earthquake is underway and improve the accuracy of the
magnitude estimate. Generally, the more stations used,
the better the accuracy of the warnings and the fewer false
alarms. The time at which a warning is available therefore
depends on the number of station detections required and
the number of seconds of P-wave data required at each sta-
tion. Figure 1 illustrates the amount of warning time avail-
able using this approach. The horizontal blue line at 7.6
s represents the time at which a warning is available for
a particular scenario (Figure 1). In this case, the size of
the blind zone is�15 km and the amount of warning time
increases linearly with distance beyond 15 km. There
would be �9 s warning at 50 km and �22 s warning at
100 km.

Onsite warning. Onsite warning provides the most
rapid approach to earthquake warning by removing the
need for communications. The delay in issuing
a warning is minimized by using a seismic station at the
location where the warning is needed. Onsite methodolo-
gies are intended to estimate the intensity of ground shak-
ing at the same location that the P-wave is detected (Odaka
et al., 2003; Wu and Kanamori, 2005a, b; Nakamura and
Saita, 2007a, b; Wu et al., 2007; Wu and Kanamori,
2008a, b; Böse et al., 2009a, b). The challenge with onsite
warning is to provide enough accuracy that the warnings
are useful. The character of P-wave arrivals is variable at
different locations for the same earthquake due to variabil-
ity in source radiation and also local site effects. Using
a single station (or several stations within a few hundred
meters) does not allow for averaging of this variability as
in the case of regional methodologies. However, the onsite
approach is faster.

Figure 1 illustrates the best-case scenario for onsite
warning in which the warning is available using 1 s of
P-wave data and the earthquake is at a sufficient depth that
there is more than 1 s between the P-wave arrival and the
onset of peak shaking at the epicenter. This means that
there is no blind zone and a warning is available at the epi-
center. The warning time increases with distance as the
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time-separation of the P-wave and peak shaking increases.
Typical warning times are �2 s at 10 km, �7 s at 50 km,
and �12 s at 100 km. The onsite approach provides the
most warning close to the epicenter. However, for loca-
tions at greater distances, regional warning provides more
warning time that onsite warning as alerts are transmitted
electronically ahead of ground motion. In the scenarios
shown in Figure 1, the crossover when the regional
method provides more warning than onsite is at �35 km.
Implementations of early warning
There are currently two large-scale implementations of
early warning in Mexico and Japan (Figure 2). The first
public system started to provide warnings to Mexico City
in 1993. It was built following the 1985 M8.1 earthquake
that killed 10,000 people in the city. The system uses a line
of seismometers deployed near the coastline to detect off-
shore earthquakes and transmit the warning 300 km to the
city ahead of strong shaking (Espinosa Aranda et al.,
1995). The offset between the source region and the city
allows the use of a front detection approach and still pro-
vides more than 60 s of warning time. These warnings
are broadcast by 58 radio stations and 6 TV channels in
the city. There are also more than 250 users who receive
the warning through dedicated radio links including
schools and universities, emergency and civil protection
agencies, government buildings, and the subway system.

Japan Railways first began to experiment with early
warning in the 1960s. These systems became increasingly
sophisticated including the first P-wave based application
of UrEDAS in the 1980s (Nakamura, 1988). With the
growth of computerized communication systems in the
1990s automated remote sensing of earthquakes expanded.
Following the 1995 Kobe earthquake that killed 6,000
people, Japan installed dense seismic networks across the
entire country (Okada et al., 2004). This network led to
the development and implementation of a nationwide
regional warning system that became operational in 2007
and is operated by the Japan Meteorological Agency
(JMA). These warnings are now broadcast by the majority
of TVand radio stations in Japan, through the government
operated J-Alert system that issues warnings to municipal-
ities (many of which relay the warning to loudspeaker sys-
tems in public spaces), by cell phone companies, and by
a myriad of private providers and purpose-built consumer
devices (Kamigaichi et al., 2009). The various Japanese
systems use both onsite and regional warning systems. In
the 2004 Mw7.2 Niigata earthquake the emergency brakes
of one of the bullet trains were triggered by the onsite
UrEDAS system (Nakamura and Saita, 2007a), and the
regional warning system operated by JMAhas issuedwarn-
ings for multiple earthquakes including the 2008 Mw7.2
Iwate-Miyagi Nairiku earthquake (Kamigaichi et al., 2009).

Smaller scale and user-specific warning systems have
also been implemented in various locations around the
world. In Bucharest, warnings are provided to a nuclear
research facility (Ionescu et al., 2007). Istanbul has
warning systems for a power plant and a large banking
building, and a more general use warning system has also
been implemented in the last few years using a new strong
motion network (Alcik et al., 2009). In Taipei, a test warn-
ing system provided warnings to the rail system, the uni-
versity, and a hospital (Wu and Teng, 2002). Finally, in
the US, a temporary warning system was implemented
following the 1989 Loma Prieta earthquake (Bakun
et al., 1994).

Testing of early warning methodologies is now under-
way on an increasing number of regional seismic networks
around the world. This includes networks in California,
China, Italy, at the Pacific Tsunami Warning Center, and
in Switzerland (Figure 2). In many of these cases the tech-
nical feasibility of providing warnings has been demon-
strated. Whether these test systems will transition to
implementation of public warning systems will therefore
be largely determined by financial, political, and sociolog-
ical factors.
Summary
The last decade has seen rapid development of earthquake
early warning methodologies (e.g., Gasparini et al., 2007;
Allen et al., 2009b, c) by multiple research groups around
the world. A range of methodologies has been developed
that generate warnings based on observations of strong
shaking near the epicenter, estimation of shaking hazard
maps using P-wave detections across a network, and sin-
gle-station detections of P-waves to estimate hazard at
the same location. Warning times typically range from
a few seconds to tens of seconds with an upper limit of
around 1 min. With all these methodologies there is
a trade-off between the accuracy of the warning and the
amount of warning time. The challenge is to identify the
optimal threshold at which to provide a warning.

There are now several implementations of public warn-
ing systems around the world, most notably inMexico and
Japan. These provide insight to the potential uses of earth-
quake alerts, which fall into three categories. Personal pro-
tection is about actions of individuals to protect
themselves. For individuals it is important to identify
“safe-zones” at home and work. These are spaces that
are reachable within a few seconds where they will be
protected from falling hazards. Automated mechanical
control can be used to further reduce the impacts of earth-
quakes. This category includes slowing trains, opening
elevators at the nearest floor, and isolating sensitive or
hazardous machinery or chemicals. Finally, early warning
can provide situational awareness information to large
organizations that may be used to limit cascading failures
and initiate response. This information could be available
before much of the shaking, and therefore increases the
likelihood that the information can be transmitted before
communications are lost.

While 5 years ago there were many technical questions
about the feasibility of earthquake early warning, today
the primary hurdles to implementation are financial,
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political, and sociological. The existing public warning
systems in Mexico and Japan were built following major
destructive earthquakes. The challenge for the hazard mit-
igation communities in other countries is to generate the
necessary will to implement these systems before the next
earthquake.
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Definition and calculation
During the earthquake process, the strain energy W avail-
able for rupture is divided into fracture energy EG, thermal
energy EH, and radiated seismic energy ES. The stress con-
ditions around the fault and the rheological and elastic
characteristics of the Earth materials being ruptured deter-
mine the partitioning of the overall energy budget
involved in the earthquake source process. In particular,
EG and EH are the energies dissipated mechanically and
as frictional heat during faulting, respectively, and ES is
the energy fraction that goes into elastic seismic waves
energy. The latter being of great importance for seismolo-
gists in evaluating an earthquake’s shaking potential, in
the following the relationship between the strain energy
and radiated seismic energy is outlined.

After Knopoff (1958), the change in strain energy
before and after an earthquake can be obtained from:

DW ¼ S �D�s; (1)

where S = fault area, �D = average displacement over the
fault, and �s ¼ s0 þ s1ð Þ=2 is the mean stress (with s0
being the initial stress and s1 the final one). This energy
represents the total work associated to the earthquake
rupture process. The small energy fraction converted to
ES is (e.g., Wyss and Molnar, 1972):

ES ¼ 1
2

s0 þ s1 � 2sf
� � � S �D; (2)

where sf is the average frictional stress during faulting. It
is also useful to relate ES and DW via the radiation effi-
ciency �R ¼ ES= ES þ EGð Þ (see, e.g., Wyss, 1970;
Husseini, 1977):

ES ¼ �RDW : (3)

The radiation efficiency �R, spanning between 0 and 1,
expresses the amount of work dissipated mechanically,
therefore if an earthquake is effective in radiating ES then
�R approaches 1 (that is to say about all the energy budget
is converted into the seismic waves energy), whereas if �R
is very small or = 0 then the energy is dissipated and no
ES is radiated.

Assuming that the final stress s1 and the frictional stress
sf are identical (that is to say the stress dropDs ¼ s0 � s1
is complete, Orowan, 1960), it has been shown by
Kanamori (1977) that a measure of DW can be obtained
considering another important physical parameter of the
seismic source, that is the seismic moment M0:

DW ¼ Ds
2m

� �
M0; (4)

with M0 ¼ mS �D (where m = rigidity of the medium in the
source area). M0 is a measure of the overall static displace-
ment caused by the fault rupture. It is a well determined seis-
mological parameter (normally within a factor of 2) since it
must be calculated from long and/or very long periods
(usually >100 s for large earthquakes) of the recorded
seismograms (Dziewonski et al., 1981), which are less
affected than the short periods by the small-scale Earth het-
erogeneities along the path from the source to the receivers.

By assuming that the stress drop is complete and
nearly constant (between some 20 and 60 bars = 2–6�107
dyn/cm2 = 2–6 MPa) for very large earthquakes and that
m = 3–6�1011 dyn/cm2 = 3–6�104 MPa in the source area
under average crust-upper mantle conditions, Kanamori
(1977) showed that the ratio

ES=M0 ¼ 5� 10�5 ¼ constant: (5)

Therefore, under these conditions (adopted also for

introducing the moment magnitude Mw, see Earthquake,
Magnitude), one could easily have an indirect estimation
of ES from known M0.

However, M0 and ES are two distinct physical parame-
ters. Indeed,M0 is a static parameter that is not sensible to
the details of the rupture history and does not bring any
direct information about the frequency content radiated
by the seismic source, whereas ES depends on the dynamic
characteristics of the seismic source and, being related to
velocity, it is more important than M0 for evaluating the
earthquake damage potential over frequencies of
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engineering interest (between about 0.1 and 10 Hz).
Therefore, direct and independent measurements of ES
are fundamentals in seismic source studies, also consider-
ing that many authors pointed out how the assumption of
constant stress drop may not be fulfilled (see, e.g., Purcaru
and Berckhemer, 1978). Indeed, ES is sensible to the stress
conditions during the fault rupture, as shown by the fol-
lowing formulation (e.g., Rudnicki and Freund, 1981):

ES ¼
Z?

�?

Z

S

�sij gj _ui
� �

dSdt; (6)

where _ui = particle velocity, sij = stress change associated
with the fault displacement ui, gj = unit vector normal to
the surface S and pointing outward from the source, and
t = time. This definition holds in the far field, that is, the
radius of the surface S is much larger than the dimension
of the earthquake source. It can be shown that Equation 6
is equivalent to another one often used in seismology and
proposed by Haskell (1964):

ES ¼
Z?

�?

Z

S

r a _ua
2 þb _ub

2
� �

dSdt; (7)

where r = density, a and b = P- and S-wave velocities in
the medium, _ua and _ub = far-field velocity records of
P- and S-waves, respectively. Thus, it would be straight-
forward to compute ES by analyzing the recorded wave-
forms. However, with respect to the determination of M0,
for computing ES it must be considered not only the low-
frequency part but especially the high-frequency content
of the seismograms, which is more sensible to the fine het-
erogeneities of the Earth structure. Since the seismic
recordings must be corrected for the energy loss due to
the geometrical spreading and anelastic attenuation of
body waves during their travel from the seismic source
to the receivers (see Propagation of Elastic Waves:
Fundamentals), it follows that the computation of ES is
more difficult and less stable than M0. However, thanks
to the worldwide deployment of high-quality digital
broadband seismic station networks in the past few
decades, much progress has been done and the calculation
of ES has started on a routine basis. Here a brief descrip-
tion of some techniques to calculate ES is reported.

Since the correction for the high frequencies (above 1–2
Hz) is difficult to perform, many approaches to compute ES
use teleseismic recordings (usually between 30� and 90�
epicentral distance D, although some procedure for rapid
response purposes uses also recordings down to 20� or
25�, see Newmann and Okal, 1998; Di Giacomo et al.,
2010a) for global earthquakes (magnitude above �5) so
that the effects of the Earth filter can be reasonablymodeled
by assuming an average 1-D layered structure. Moreover,
since the P-waves are less affected by attenuation than S-
waves, for which the correction for propagation effects at
frequencies f > 0.5 Hz may be difficult on a routine basis,
the analysis is often performed (1) by considering the P-
wave train of the seismograms and (2) in the frequency
domain by exploiting the Parseval’s identity:

Z?

�?

ŝ oð Þj j2do ¼2p
Z?

�?

sðtÞj j2dt; (8)

where ŝ oð Þ is the Fourier transform of the time signal s(t)
and o = 2pf the angular frequency.

Currently ES determinations at the USGS are obtained
from the approach proposed by Boatwright and Choy
(1986) and are available at the SOPAR database (http://
neic.usgs.gov/neis/sopar/). This method calculates the
energy flux e* from the velocity spectrum of P-waves
_u oð Þj j as:

e ¼ ra
p

Z?

0

_uðoÞj j2e otaðoÞð Þdo; (9)

where the symbol * indicates that the energy flux is
corrected for anelastic attenuation by the function taðoÞ
(Choy and Cormier, 1986). Then, the computation of the
average ES is obtained from:

ES ¼ 4p Fh i2
P

R2
i e


iP

F2
i

; (10)

where Fh i = is the average radiation pattern coefficient for
P-waves over the focal sphere, ei the energy flux at a given
station i, Ri the geometrical spreading, and Fi the specific
radiation pattern for the station i (Aki and Richards, 1980).

Other authors calculate ES from integration of the
moment rate spectral function (an average theoretical
curve is shown in Figure 8 of the entry Earthquake Mag-

nitude). The moment rate spectrum _̂Mð f Þ


 can be

obtained from the teleseismic P-waves spectrum ûð f Þj j
as (e.g., Houston and Kanamori, 1986):

_̂Mð f Þ


 ¼ 4pra3REeðpft
Þ ûð f Þj j

gðDÞRðy;jÞC Îð f Þ  ; (11)

where, RE is the Earth radius, g(D) the geometrical spread-
ing factor, R(y,f) the radiation pattern, C the free surface
coefficient, and Îðf Þ  the instrument response. Recalling
that ES is proportional to velocity, and, therefore, to the
derivative of the function obtained from Equation 11, ES
is obtained from integration over frequency f as (see,
e.g., Venkataraman and Kanamori, 2004):

ES ¼ 8p
15ra5

þ 8p

10rb5

� 	 Z?

0

f 2 _̂Mð f Þ



2
df

¼ 2
15pra5

þ 1

10prb5

� 	 Z?

0

€̂Mð f Þ



2
df ;

(12)
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which holds for point sources, that is, sources smaller than
the analyzed wavelengths (see Earthquakes, Source The-
ory) and neglecting directivity effects.

In sum, the calculation of ES requires, after correction
for propagation effects, to integrate the squared velocity
spectrum recorded at seismic stations over a broad fre-
quency range. Correction for the propagation effects is
one of the most challenging tasks in seismological practice,
since – in contrast to seismic moment determination (see
Earthquake, Magnitude) – the high-frequency part of the
source spectrum must also be considered. Correcting fre-
quencies >1 Hz requires detailed knowledge of the Earth
fine structure and attenuation properties, also below the
seismic station, which is often not available. Consequently,
ES determinations from local and/or regional recordings are
more problematic and are, anyway, more reliable only in
areas with a high density of seismic stations (like California
and Japan, see, e.g., the recent works by Izutani and
Kanamori, 2001; Venkataraman et al., 2002; Boatwright
et al., 2002; Oth et al., 2010) where a better knowledge of
the local Earth structure is available.
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Summary and outlook
The energy budget involved in the earthquake process is
partitioned in different forms. In seismology it is of great
importance to quantify two macroscopic parameters of
the source, namely the seismic moment M0 and the radi-
ated seismic energy ES. While the former (and the related
magnitude Mw, see Earthquake, Magnitude) is a static
measure of the seismic source and fundamental for the tsu-
nami potential evaluation of an earthquake, the latter (and
the related magnitude Me) represents the fraction of the
strain energy converted in elastic seismic waves energy
and fundamental for the evaluation of the shaking
potential.

However, only since the early 1990s procedures to cal-
culateES can be implemented on a routine basis at regional
and global seismological centers. The approach of
Boatwright and Choy (1986) allowed systematic and
direct measurements of ES from digital data, and later
Choy and Boatwright (1995) demonstrated the importance
of such measurements showing the significant variability
of ES for a given value of M0. Therefore, the indirect
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measurement of ES, based on the assumptions leading to
Equation 5, may be affected by large errors.

Of course, a better picture of the source characteristics
can be obtained and help end users in the evaluation of
the tsunami and shaking potential of an earthquake by
complementing the information provided by direct mea-
surements of ES and M0 and their related magnitudes. To
this regard it is remarkable the case of two earthquakes
that occurred about 500 km apart from each other in Cen-
tral America, namely the 1991 Costa Rica earthquake and
the 1992 Nicaragua earthquake. Both had the same
moment magnitude Mw = 7.6 (i.e., about the same M0).
Because of their small difference in epicenter location,
one can assume very similar propagation paths to
teleseismic stations. However, the broadband waveforms
of both earthquakes, recorded at identical stations, differ
strongly. As an example, Figure 1 illustrates the P-wave
windows, their time-frequency analysis performed with
the S-transform (Stockwell et al., 1996), and the
corresponding ES-Me (see Di Giacomo et al., 2010a, b)
values at station CCM for both earthquakes. The 1991
Costa Rica earthquake has much larger amplitudes, espe-
cially at higher frequencies, than the 1992 Nicaragua
event. Such large differences can be only ascribed to sig-
nificant differences in the medium-to-high-frequency
parts of the source spectra of these two earthquakes with
about the same M0. Accordingly, ES (and the
correspondingMe) for the Costa Rica earthquake is much
larger than for the Nicaragua earthquake. The latter caused
a damaging Tsunamiwith 8 m run-up height, in contrast to
severe damages caused by strong ground shaking of inten-
sity I = X in the epicentral area of the Costa Rica earth-
quake (see Earthquakes, Intensity). This shows that M0
alone (and a single type of magnitude as Mw) may not
describe accurately enough the kind of seismic hazard
and damage potential posed by a given earthquake and
that a combined use of M0 and ES (and a multiple magni-
tude approach, see Earthquake, Magnitude) is preferable.

Thus, for improving seismic hazard assessment, future
studies must focus on combining in a systematic way ES
and M0 determinations in order to fully harness the infor-
mation provided by these two important physical parame-
ters of the seismic source.
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Synonyms
Macroseismic intensity

Definition
The intensity, or macroseismic intensity, represents
a classification of the severity of ground-motion shaking
during an earthquake on the basis of observed effects at
a given place. The word “macroseismic” refers to percep-
tible effects of earthquakes as opposed to instrumental
observations. Intensity data are not only a surprisingly
good measure of ground motion (Atkinson and Wald,
2007) but are also capable of constraining the magnitude
of an event with the same order of uncertainty as individ-
ual instrumental magnitude readings (Johnston, 1996).
Intensity data of an earthquake are usually presented in
the form of a map showing for each intensity point either
a corresponding color code or symbol. Contour lines in
such maps separating intensities of different degrees are
called isoseismals. The epicentral intensity I0 is usually
the largest observed intensity near to the epicenter or the
barycenter of the highest intensity values. It can only be
given for onshore events.

Macroseismic scales and intensity assignment
Earthquake intensities are defined in macroseismic scales.
Since the early twentieth century, they usually contain 12
intensity degrees with the prominent exception of the 7�
Japanese Meteorological Agency (JMA) scale (later
upgraded to 10�). Earthquakes generate different intensi-
ties at different places, generally decreasing with distance
from the epicenter. The epicentral intensity can be used in
combination with the hypocentral depth as a classification
of earthquake strength – with restrictions for large earth-
quakes (M 	 7) with extensive fault planes.

Although not a physical parameter as such, intensity is
a measure of strength of shaking, which can be related to
physical ground-shaking parameters. It is a shorthand
description of common observations from an earthquake,
for example, instead of writing “the event was felt indoors
by most, outdoors by few, and china and glasses clattered
together”, one summarizes “intensity 5”.
Intensity is an integer quantity. Uncertain intensity
assignments can be expressed as, for example, 8–9 (mean-
ing either 8 or 9), being used in numerical procedures as
8.5, without claim of precision. A macroseismic scale
defines each intensity degree with a series of diagnostics.
Each diagnostic describes typical effects of ground vibra-
tions related to different sensors. For the lower intensities,
these main sensors are people and objects indoors,
whereas for higher intensities they are buildings, which
suffer progressively more severe damage with increased
intensities. The type of building, for example, masonry
or reinforced concrete, its condition and workmanship,
as well as the level of earthquake-resistant design influ-
ence its strength considerably.

The most recent scale in general use, the European
Macroseismic Scale (EMS-98), fully considers the vary-
ing strength of buildings in the form of six vulnerability
classes, five damage grades for both masonry and
reinforced concrete structures, as well as differentiating
structural and nonstructural damage (Grünthal, 1998).
Another element of the EMS-98 associated with the diag-
nostics is the relative frequency with quantitative defini-
tions of the qualitative terms “few, many, most.” It is the
only intensity scale supplemented by comprehensive
guidelines and background materials, and this contributes,
together with the other mentioned elements, to a reduction
of the subjectivity, which often is associated with intensity
assignments.

The EMS-98 is easily adaptable for use to the building
stock anywhere in the world. Table 1 gives the short form
of the EMS-98 as a very simplified and generalized
description. The long, full version should be used for
intensity assignments.

The EMS-98 should be the basis for intensity evalua-
tion in European countries and has also been applied in
a number of countries outside Europe. Some South Euro-
pean countries, like Italy, still deploy Sieberg’s (1932)
Mercalli–Cancani–Sieberg scale (MCS). The basic inten-
sity scale used in North America is the Modified Mercalli
scale MMI. This scale has also been applied in countries
elsewhere. In China, the China Seismic Intensity Scale
(CSIS) has been used since 1999. This scale is strongly
related to the test version of the EMS-98, that is, the
EMS-92. While all these scales have 12 intensity degrees,
the 1996 version of the JMA scale, introduced after the
1995 Great Hanshin earthquake, has been upgraded from
originally 7� to 10�.
History of intensity scales
Historically, the use of intensities is important because it
does not require instrumental measurements of earth-
quakes. In the last quarter of the nineteenth century, that
is, before the establishment of instrumental seismology,
the macroseismic intensity became a widespread parame-
ter. The first internationally introduced scale was the 10�
Rossi–Forel scale of 1883, which in some countries
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EMS
intensity Definition

Description of typical observed effects
(abstracted)

I Not felt Not felt.
II Scarcely felt Felt only by very few individuals at rest in houses.
III Weak Felt indoors by a few people. People at rest feel a swaying or light trembling.
IV Largely observed Felt indoors by many people, outdoors by very few. A few people are awakened. Windows, doors, and

dishes rattle.
V Strong Felt indoors by most, outdoors by few. Many sleeping people awake. A few are frightened. Buildings

tremble throughout. Hanging objects swing considerably. Small objects are shifted. Doors and
windows swing open or shut.

VI Slightly damaging Many people are frightened and run outdoors. Some objects fall. Many houses suffer slight nonstructural
damage like hairline cracks and fall of small pieces of plaster.

VII Damaging Most people are frightened and run outdoors. Furniture is shifted and objects fall from shelves in large
numbers. Many well-built ordinary buildings suffer moderate damage: small cracks in walls, fall of
plaster, parts of chimneys fall down; older buildings may show large cracks in walls and failure of fill-
in walls.

VIII Heavily damaging Many people find it difficult to stand. Many houses have large cracks in walls. A few well-built ordinary
buildings show serious failure of walls, while weak older structures may collapse.

IX Destructive General panic. Many weak constructions collapse. Even well-built ordinary buildings show very heavy
damage: serious failure of walls and partial structural failure.

X Very destructive Many ordinary well-built buildings collapse.
XI Devastating Most ordinary well-built buildings collapse, even some with good earthquake-resistant design are

destroyed.
XII Completely devastating Almost all buildings are destroyed.
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persisted up to the 1960s. This points to the relevance of
knowing the different scales that have been used in differ-
ent countries during different time periods. Here, only
a short summary can be given. For a comprehensive com-
pilation, see Musson et al. (2010) and Musson and Cecić
(2002).

A later popular scale is Mercalli’s version from 1902.
The first 12� scale is the one by Cancani (1904) with the
focus on associating peak ground acceleration with single
intensities. Based on the macroseismic observations from
the 1911ML ¼ 6:1 Central European earthquake, Sieberg
(1912) provided a completely revised 12� version with
descriptions of the intensity degrees given in great detail.
This scale, which overwhelmingly influenced all modern
intensity scales, later became known as the Mercalli–
Cancani–Sieberg scale. Sieberg’s (1923) minor revision
of this scale was translated into English and published
by Wood and Neumann (1931) in a largely condensed
form, at the cost of clarity. The title is also inappropriate:
the Modified Mercalli scale, MM-31. Sieberg’s (1932)
further revised version, with some major innovations, the
MCS scale, is still in use in southern Europe. The
MM-31 scale was completely overhauled in 1956 by
Richter (1958). He refrained from associating his name
with the new version to avoid confusion with the “Richter”
magnitude scale ML, and it was to be known as the
Modified Mercalli scale of 1956 (MM-56).

Today’s macroseismic evaluation procedures at the
USGS rely basically on the MM-31 scale, but in a newly
edited and almost undocumented version, that is, lacking
differentiations in the terminology used, and in which
extra rules and conventions are being applied (see Musson
et al., 2010; Musson and Cecić, 2002). Intensity data sets
are often given only as MM or MMI.

In Europe, Medvedev, Sponheuer and Kárník devel-
oped the MSK scale (Medvedev et al., 1964), introduced
as MSK-64, on the basis of the MCS, the Russian
GEOFIAN scale, and the MM-56. It is more systemati-
cally arranged than the forerunners and was widely
adopted in Europe.

In 1988, the European Seismological Commission
(ESC) launched the updating of the MSK scale to bring
it in line with modern earthquake-resistant building types
and engineering requirements. After the new scale had
been constructed it was obvious that it contained so many
new elements with respect to the MSK scale that it should
bear a new name, and so EMS-92 and EMS-98 were
established.

An aspect connected with the history of intensity scales
is the decline of interest in macroseismology in the middle
of the twentieth century when instrumental monitoring
was progressing. However, the 1970s saw a revival of
the subject since intensity assignments are fundamental
for parametrizing historical seismicity and developing
intensity-based ground-motion models essential in seis-
mic hazard (see Seismic Hazard) and risk assessments.
Conversion of intensity scales
The conversion between intensity scales is, due to their
integer nature, not possible in the way scalar parameters
like different magnitude types can be converted. Ideally,
conversions between intensities according to different
scales should be avoided and the original data should be



Earthquakes, Intensity, Table 2 Conversion from the JMA-96
scale to the EMS-98 (After Musson et al. [2010])

JMA-96 EMS-98

0 1
1 2 or 3
2 4
3 4 or 5
4 5
5 Lower 6
5 Upper 7
6 Lower 8
6 Upper 9 or 10
7 11
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reassessed using one scale. This is frequently not possible.
Therefore, conversion diagrams have been developed in
which the intensities according to different scales are
represented as a series of “intensity ranges.” One scale,
taken as a standard with equally large ranges, is, as it is
perceived by different authors, compared with other scales
with different ranges for the intensities. Musson et al.
(2010) elaborate in more detail on this issue and present
tables suggesting direct numerical correspondence.
Among the 12� scales, Musson et al. (2010) conclude
equality between EMS-98 and MCS, MMI, and MSK
for the intensities 1–10. For intensities 11 and 12, the
definitions in MCS, MSK, and MMI relate to phenomena,
such as surface faulting, which do not represent strength of
shaking, or to a saturation of classification criteria in the
scale where, for example, total damage refers to total
damage to buildings without antiseismic design. There-
fore, the intensities 11 and 12 do not have an equivalent
in the EMS-98. The relation of the JMA-96 (JMA, 1996)
scale with the EMS-98 is given in Table 2.

Macroseismic surveys
After an earthquake is felt, there are several ways to gather
macroseismic data. The main source of data collection is
questionnaires designed according to the diagnostics of
the intensity-degree definitions. Questionnaires are espe-
cially used to compile data for the vast majority of obser-
vations in the range of intensities 
6, although many
questionnaires are designed for diagnostics up to intensity
7 or 8. Information on earthquake damages to buildings
and other constructions need to be collected in the field.
Special forms are in use in several high seismicity coun-
tries to optimize this procedure with respect to certain
intensity scales and the building stock in a region.

Printed questionnaires used in the past have today been
almost entirely replaced by internet web-based versions.
The “Did You Feel It” (DYFI) program by the USGS
(Wald et al., 1999a) is the basis of similar current activities
worldwide. Musson (2006) describes the DYFI pro-
cedure for EMS-98 intensities in detail. The idea of
such DYFI programs is that persons who have observed
an earthquake use an internet web-site to report the
macroseismic effects through answering a multiple-choice
questionnaire. Such DYFI programs are often not
restricted to a certain country but can be applied interna-
tionally. They have been remarkably successful since their
inception. In the U.S. alone, more than 3/4 million domestic
responses have been compiled in the first 7 years since the
start of the program in 2000 (Atkinson and Wald, 2007).
This vast amount of macroseismic information proves to
be very useful as an essential new source of ground-
motion data (see Earthquakes, Strong-Ground Motion).

Intensity attenuation and focal depth
The rate of decay of shaking strength with distance from
the epicenter, that is the intensity attenuation, is strongly
dependent upon the focal depth h and to a lesser extent
on the regionally dependent absorption of energy. Assum-
ing a logarithmic proportionality between intensity and
ground acceleration after Cancani (1904), an isotropic
intensity-attenuation model results (Kövesligethy, 1906),
rewritten by Jánosi (1907) as

I0 � Ii ¼ 3 log
r
h

� �
þ 3a log e r � hð Þ (1)

with r ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
R2 þ h2

p
, where R is the radius of the isoseismal

intensity, Ii, I0 the epicentral intensity, and e is Euler’s con-
stant. The same structure as Equation 1. results for a loga-
rithmic proportionality between intensity and seismic
energy density (Howell and Schultz, 1975; Earthquakes,
Energy).

The first and, for a long time, the most important use of
intensity attenuation was focused on depth determina-
tions. For this purpose, graphical schemes by Sponheuer
(1960) were frequently used in the pre-computer era. In
the case of good macroseismic data, the calculated depths
coincide very well with instrumental depth determina-
tions, at least for shallow (5–25 km) events with small
source dimensions (Musson, 1993). Intensity-attenuation
relations of the type of Equation 1. were determined from
a fewmean isoseismal radii. Only within the last few years
have modern statistical procedures been applied, which
rely directly on a huge amount of intensity data points.
One of these relations based on Central European data
after Stromeyer and Grünthal (2009) reads

I � I ¼ 2:95 log
r
h

� �
þ 0:0025 r � hð Þ (2)

where I is the intensity at epicentral distance r and I* is any
estimate of the intensity at r ¼ 0, but not necessarily epi-
central intensity I0. Gomez Capera (2006) compiled 15
intensity-attenuation relations of this type.

Conversion of intensities to magnitudes
Intensity data give surprisingly robust measures of earth-
quake magnitudes (see Earthquake, Magnitude). This
important fact qualifies the macroseismic method to be
used for magnitude determinations of historical earth-
quakes occurred in early or pre-instrumental times. Seis-
mic hazard analysis greatly benefits from long-term
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earthquake catalogues. There are three ways of
macroseismic magnitude determinations based on the fol-
lowing: (1) the epicentral intensity, (2) the areas affected
by certain intensity levels, and (3) the entire field of inten-
sity data points. These ways are described below.

1. A few years after the introduction of the earthquake
magnitude, the first empirical relation with the epicen-
tral intensity I0 was given (Gutenberg and Richter,
1942). The maximum or epicentral intensity is in most
cases the only information at hand for historical earth-
quakes. I0 is strongly affected by the focal depth h.
Therefore, h should be taken into consideration or the
seismogenic depth in an area should be narrowly
constrained at the conversion to magnitude.
A modern relation based on well constrained moment
magnitude Mw, I0, and h of European earthquakes
given by Grünthal et al. (2009) reads

Mw ¼ 0:667I0 þ 0:30 logðhÞ � 0:10 (3)

or omitting h

Mw ¼ 0:682I0 þ 0:16 (4)

These relations are valid for the ranges

5 < I0 < 9:5, 3:0 < Mw < 6:4, and 5 
 h km½ � < 22.

2. For earthquakes with known total felt area or known
area enclosed by one or more of the n preferably outer
isoseismals ðAnÞ, the magnitude can be determined as
a function of logAn. Johnston (1996) derived regres-
sion relations for MMI isoseismal areas for stable con-
tinental regions to predict seismic moments M0
according to a functional regression form proposed
by Frankel (1994)

logM0 ¼ aþ b logAnþ c
ffiffiffiffiffiffi
An

p
(5)

From the published relations for different

isoseismal areas, the coefficients for the areas of inten-
sity 3 and 4 read
a
 b
 c
A3
 17.59
 1.020
 0.00139

A4
 18.10
 0.971
 0.00194
Earthquakes, Intensity, Table 3 Coefficients of equation 6

Coefficient California Central and Eastern U.S.

C1 12.27(�0.24) 11.72(�0.36)
C2 2.270 2.36
C3 0.1304 0.1155
C4 –1.30 –0.44
C5 –0.0007070 –0.002044
C6 1.95 2.31
C7 –0.577 –0.479
h 14.0 17.0
Rt 30.0 80.0
The uncertainties in the derived moment magnitudes
can be halved by applying weighted averaging of
a suite of isoseismal areas. The uncertainties are then
in the range of � 0:15 . . . 0:23Mw units.

3. The most advanced methods to derive magnitude from
macroseismic data use the intensity data points of
an event to make a joint determination of epicenter
location (see Earthquake, Location Techniques) and
magnitude. These methods need a well-calibrated
intensity-attenuation model valid for a certain region.
The most important methods of this type are by
Bakun and Wentworth (1997), originally developed
for Californian earthquakes ð4:4 < Mw < 6:9Þ, and
by Gasperini et al. (1999) for Italian earthquakes with
Ms 	 5:5. The latter additionally provides the fault azi-
muth, essentially derived from the direction of maxi-
mum elongation of the highest intensity data points.
An adaption of the Bakun and Wentworth (1997)
method to the intensity attenuation in France was made
by Bakun and Scotti (2006).

Magnitudes derived from macroseismic data should be
indicated as such, for example, as MwðI0Þ or M0ðAnÞ.
Intensity-attenuation models
Rapid post-earthquake information in the form of shake
maps and earthquake early warnings, and other quantita-
tive scientific studies like intensity-based seismic hazard
and risk assessments, require well-established models of
intensity attenuation with distance. The macroseismic data
accumulated by the “Did You Feel It” (DYFI) program
(Wald et al., 1999a) represent a vast new source of engi-
neering seismology data. The DYFI intensity data “make
up in quantity what they may lack in quality... They are
also robust and of surprisingly high utility” (Atkinson
and Wald, 2007). Their regression equation reads as:

MMI ¼ C1 þ C2 Mw � 6ð Þ þ C2 Mw � 6ð Þ2
þ C4 logRþ C5Rþ C6Bþ C7Mw logR (6)

where C1 through C7 are determined constants,
R ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

D2 þ h2
p

whereD is rupture distance and h effective
depth. B = log(R/Rt) where Rt is the transition distance in
the attenuation shape. The values in Table 3 are yielded
for California and Central and Eastern U.S. (Atkinson
and Wald, 2007).

In recent years, intensity-attenuation models have espe-
cially been derived for regions where shake map programs
(see Earthquakes, Shake Map) and early warning systems
exist or are under development.

Relation of intensities to recorded strong ground
motion
Attempts to express the strength of an earthquake and its
observed effects in the form of physical parameters date
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Earthquakes, Intensity, Figure 1 Relations between intensity versus PGA (left) and PGV (right) after Wald et al. (1999c), Faccioli and
Cauzzi (2006), and Faenza and Michelini (2010). Although MMI values and MCS values are used in these studies, the relations are
given in a common scheme according to their de facto equivalence (Musson et al., 2010). (Redrawn after Faenza andMichelini [2010].)
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back to the last quarter of the nineteenth century (cf. sum-
mary in Grünthal, 1984). Omori (1900) and Cancani
(1904) were the first who related intensity degrees to peak
ground acceleration (PGA) (see Earthquakes, Strong-
Ground Motion). Kövesligethy (1906) and Jánosi (1907)
invented a functional form that is still used today –
a linear regression between intensity I and the logarithm
of Cancani’s PGA I ¼ aþ b logðPGAÞð Þ. Grünthal
(1984) compiled 30 published relations of intensity to
peak ground motion, which showed a larger scatter in
PGA compared to peak ground velocity (PGV).

For the implementation of the USGS Shake Map (see
Earthquakes, Shake Map) software package (Wald et al.,
1999b), representing shaking through maps of PGA,
PGV, and ground-motion shaking intensity, it was neces-
sary to derive “instrumental intensity” by converting
peak ground motion to MMI intensity values (Wald
et al., 1999c; Figure 1). In Europe, notably Italy, well-
established relations for MCS intensities have recently
been developed by Faenza andMichelini (2010) and refer-
ences therein. Their orthogonal relations (Figure 1) read:

I ¼ 1:68þ 2:58 logPGA cm=s2
� �

(7)

I ¼ 5:11þ 2:35 logPGV cm=s½ � (8)
The densest network to generate shake maps in terms of

instrumental intensity exists in Japan. Here, the instru-
mental intensity according to the JMA scale IJMAð Þ is com-
puted from Fourier acceleration spectra multiplied with
different filter functions (Kuwata and Takada, 2002;
Karim and Yamazaki, 2002). Empirical relationships
between IJMA and different ground-motion parameters
are given by Karim and Yamazuki (2002). Their relation
between IJMA and PGAwas derived as
IJMA ¼ 1:58þ 1:38 log SI þ 0:59 log PGA

þ 0:02M
(9)

where SI is the “spectrum intensity” (cm/s2) introduced by
Housner (1961) as the integral over the velocity response
spectrum in the period range from 0.1 to 2.5 s, and PGA
is in cm/s2. However, correspondence between “instru-
mental intensity” and the wording of the macroseismic
scale cannot be taken for granted.

Conclusions
Macroseismic intensity is a robust measure of perceptible
and potentially damaging ground motion and is essential
in engineering seismology. Modern developments of
macroseismic scales, defining intensity degrees with per-
sons and buildings as sensors, fully consider the range of
vulnerability of buildings and differentiate structural and
nonstructural damage patterns. Intensity provides the prin-
cipal means by which one can parameterize historical or
pre-instrumental earthquakes, that is, to determine their
location, magnitude, and focal depth. Good quality
macroseismic data enables a similar range of uncertainty
in the derived focal parameters as standard instrumental
seismology. The increased relevance of the parameter
macroseismic intensity is strongly related to the enhanced
needs in reliable seismic hazard and risk assessments.
With the internet-based platforms Shake Map and “Did
You Feel It?” the macroseismic intensity has become
omnipresent.
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Definition and introduction
Prompt Assessment of Global Earthquakes for Response
(PAGER) is an automated system that produces content
concerning the impact of significant earthquakes around
the world within approximately 30 min of any magnitude
5.5 or larger event. PAGER rapidly assesses earthquake
impacts by comparing populations exposed to estimates
of shaking intensity, and models of economic and fatality
losses based on past earthquakes in each country or region
of the world. The main purpose of the PAGER system is to
inform emergency responders, government and aid agen-
cies, and the media to the scope of the potential disaster.
Earthquake alerts – which were formerly sent based on
event magnitude and location, or population exposure to
shaking – are generated based on the estimated range of
fatalities and/or economic losses.

The U.S. Geological Survey’s National Earthquake
Information Center (NEIC), located in Golden, Colorado,
locates over 30,000 earthquakes a year. Tragically, about
25 of these cause significant damage, injuries, or fatalities.
The U.S. Geological Survey (USGS) often detects earth-
quakes well before eyewitness reports are available. The
USGSmust then decide rapidly whether Federal and inter-
national agencies should be alerted to a potentially damag-
ing event. In the past, the USGS primarily relied on the
experience and intuition of its on-duty seismologists to
estimate the impact of an event. To quantify and improve
the accuracy of the assessment, the USGS has developed
PAGER, an automated system to rapidly estimate the
shaking distribution, the number of people and settlements
exposed to severe shaking, and an estimate of the range of
possible fatalities and economic losses. The estimated
losses, in turn trigger the appropriate color-coded alert
(green, yellow, orange, red), which determines suggested
levels of response, whether no-response-needed, or local/
regional, national, or international response, respectively.

In addition to direct alert notifications, PAGER provides
important supplementary information, including comments
describing the dominant types of vulnerable buildings in the
region, exposure, and any fatality reports from a previous
nearby earthquake, and a summary of regionally specific
information concerning the potential for secondary hazards,
such as earthquake-induced landslides, tsunami, and lique-
faction. A map provides quick visual overviews of shaking
levels and population densities, and a table summarizes the
predicted shaking intensity at nearby cities and towns. This
impact summary information is available on the USGS
earthquake web site [http://earthquake.usgs.gov/pager/]
and as a printable, one-page report with an accompanying
description such as that shown on the following pages.
Fundamental to such a system, the USGS operates the
robust computational and communication infrastructure
necessary for earthquake response. PAGER results are
generally available within 30 min of a significant earth-
quake, shortly after the determination of its location
and magnitude. However, information on the extent of
shaking will be uncertain in the minutes and hours fol-
lowing an earthquake and typically improves as addi-
tional sensor data and reported intensities are acquired
and incorporated into models of the earthquake’s source.
Users of PAGER should account for the inherent uncer-
tainty in shaking and loss estimations, and always seek
the most current PAGER release on the USGS web site
for any earthquake.
The PAGER process
In general, the shaking-related impact of an earthquake is
controlled by the distribution and severity of shaking, the
population exposed at each shaking intensity level, and
how vulnerable that population is to building damage at
each intensity level. Population vulnerability is dominated
by the degree of seismic resistance of the local building
stock. The PAGER system takes all these factors into
account. At the heart of PAGER are the timely and accu-
rate earthquake location and magnitude determinations
that the USGS has been producing for decades. PAGER
uses these earthquake parameters to calculate estimates
of ground shaking by using the methodology and software
developed for ShakeMap (http://earthquake.usgs.gov/
shakemap/). The ShakeMap system produces maps of
regional ground shaking using a site-specific ground-
motion amplification map, seismic wave attenuation equa-
tions, and reported or recorded intensities and ground
motions (Wald et al., 2005). The number of people
exposed to each shaking intensity levels is then calculated
by combining the maps of estimated ground shaking
with a comprehensive worldwide population database
(Landscan, from Oak Ridge National Lab).

Next, based on the population exposed to each intensity
level of shaking, the PAGER system estimates total losses
based on country-specific models developed from eco-
nomic and casualty data collected from past earthquakes
(Jaiswal et al., 2009). To calibrate the loss models, the
USGS has generated an atlas of approximately 6,000
ShakeMaps for significant global earthquakes that have
occurred during the last 40 years (Allen et al., 2009).
The calibration of loss methodologies relies on this atlas
and on fatality and damage data collected by the NEIC.
Finally, the alert level, determined by estimated ranges
of fatalities and economic loss are produced, with the
higher of the two levels setting the overall alert level.
The alert level determines which users are actively noti-
fied, and, at the same time, all PAGER information and
content is automatically distributed to the Web on the
USGS Earthquake web pages, as part of the earthquake
summary information, for immediate consumption.
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The PAGER earthquake impact scale
PAGER employs a new earthquake impact scale (EIS,
Wald et al., 2010) that is based on two complementary
criteria. One, based on the estimated cost of damage, is
most suitable for domestic events; the other, based on esti-
mated ranges of fatalities, is generally more appropriate
for global events, particularly in developing countries.
Simple thresholds, derived from the systematic analysis
of past earthquake impact and associated response levels,
turn out to be quite effective in communicating predicted
impact and response needed after an event, characterized
by alerts of green (little or no impact), yellow (regional
impact and response), orange (national-scale impact
and response), and red (international response).
Corresponding fatality thresholds for yellow, orange, and
red alert levels are 1, 100, and 1,000, respectively. For
damage impact, yellow, orange, and red thresholds are
triggered by estimated losses reaching $1 million,
$100 million, and $1 billion, respectively. The rationale
for a dual approach to earthquake alerting stems from the
recognition that relatively high fatalities, injuries, and
homelessness dominate in countries where local building
practices typically lend themselves to high collapse and
casualty rates, and it is these impacts that lend to prioriti-
zation for international response. In contrast, it is often
financial and overall societal impacts that trigger the level
of response in regions or countries where prevalent earth-
quake resistant construction practices greatly reduce
building collapse and resulting fatalities.

Since PAGER calculations are available well in advance
of ground-truth observations or news accounts, PAGER
information can play a primary alerting role for domestic
as well as international earthquake disasters. An example
of the PAGER summary product, or onePAGER, is shown
on the following pages for a recent destructive earthquake
in early 2010 near central Chile that killed approximately
300 people. This earthquake reached an orange-alert level
based on both projected fatalities and economic losses.
The alert level is based on the median loss estimate; the
uncertainty in the alert level can be gauged by the histogram
showing the percent likelihood that adjacent alert levels (or
loss/fatality ranges) occur. Accompanying text clarifies the
nature of the alert based on experience from past earth-
quakes and provides context on the total economic losses
in terms of the percent of the gross domestic product
(GDP) of the country affected.

Though PAGER uses simple and intuitive color-coded
alerting criteria, it preserves the necessary uncertainty
measures by which one can gauge the likelihood for the
alert to be over- or underestimated. Utilizing the earth-
quake impact scale, PAGER’s rapid loss estimates can ade-
quately recommend alert levels and suggest appropriate
response protocols, despite their uncertainties; demanding
or awaiting observations or loss estimates with a high level
of accuracy may increase the losses. Over the past 38 years
(1973–2010), there would have been approx. 17,792 green
(not shown in Figure 1), 568 yellow, 52 orange, and 49 red
alerts. This frequency equates to approximately 15 yellow,
1–2 orange, and 1–2 red alerts per year.

Ongoing PAGER developments
USGS is improving the PAGER system to include more
comprehensive loss-estimate methodologies that take into
account detailed building inventories that account for sub-
country level regional variations, more complete popula-
tion demographics (including time of day population
shifts), and better tools to compute building damage (e.g.,
Jaiswal et al., 2010). Such data sets are very difficult and
time consuming to acquire, and are effectively unavailable
in many areas of the globe. In particular, more detailed
within-country building inventories are key for describing
the dominant vulnerable structures that contribute to casual-
ties in the region. Knowledge of the main collapse “cul-
prits” is vital for response, public safety, recovery, and
long-term mitigation. Related USGS developments under
the auspices of the PAGERProject include rapid determina-
tion of fault geometry, size, and rupture characteristics;
refined global estimates of seismic soil-amplification pat-
terns; ShakeMap enhancements; ground-motion and loss-
uncertainty analyses; and earthquake-induced landslide
and liquefaction probability mapping.
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Definition and introduction
ShakeMap® is an open-source software program
employed to automatically produce a suite of maps and
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products that portray the geographical extent and severity
of potentially damaging shaking following an earthquake.
ShakeMap’s primary purpose is to provide post-
earthquake situational awareness for emergency manage-
ment and response as well as damage loss estimation.
The availability of ShakeMaps immediately after
a significant earthquake is critical for the identification
of areas likely to be most damaged. Principal users include
first responders, utility companies, response and aid agen-
cies, scientists and engineers, and the media. Maps are
made publicly available via the Internet within several
minutes of an earthquake’s occurrence. ShakeMap is
widely deployed in seismically active, well-instrumented
portions of the USA, internationally in Italy, Iceland,
Greece, Romania, Switzerland, among other countries,
and the U.S. Geological Survey (USGS) global system
provides approximate maps for all events of magnitude
5.5 and larger worldwide.

Making a ShakeMap entails deriving a detailed descrip-
tion of the shaking over a large region with a variable dis-
tribution of seismic stations; this requires intelligently
guided interpolation of measured ground motions unless
the recordings are extremely abundant (as in Japan, for
instance). In the ShakeMap algorithms, empirically based
ground-motion estimates, modified by simple geologi-
cally based, frequency- and amplitude-dependent site-
correction factors provide useful first-order shaking con-
straints to guide interpolation in areas that are not well
instrumented. Thus, essential elements of a ShakeMap
system (Wald et al., 2005) include: (1) near-real time peak
ground motion and/or intensity observations;
(2) a ground-motion, site-amplification map for the
region; (3) the ShakeMap algorithms, which combine
and guide interpolation of ground-motion observations
with built-in shaking estimates to produce the suite of
shaking-hazard maps; and (4) mechanisms for automati-
cally transferring ShakeMap products to users, including
via web pages and through internet-based product feeds.
Historical context
The most common information available immediately fol-
lowing a damaging earthquake has traditionally been its
magnitude and the location of its epicenter. However, the
damage pattern is not a simple function of these two
parameters alone, and more detailed information is neces-
sary to properly evaluate the situation. ShakeMap fills this
role, and it has proven to be a useful, descriptive display
for rapidly assessing the scope and extent of shaking and
potential damage potential damage, following an earth-
quake. Because large earthquakes happen over a fault sur-
face, not at a single point, the location of the earthquake
(the epicenter) tells us only where the earthquake started,
not necessarily where the shaking was the greatest. For
a large earthquake, damage can occur hundreds of miles
from the epicenter. Other factors, such as rupture direc-
tion, underground earth structure, and shallow geology,
influence the amount of shaking in a particular area. For
example, although emergency responders identified many
areas of heavy damage soon after both the 1994
Northridge and the 1989 Loma Prieta, California, earth-
quakes, additional regions of severe damage were only
belatedly discovered. A ShakeMap displays the distribu-
tion of ground shaking within minutes after an earthquake
so that emergency managers can properly deploy
resources to those locations with the greatest damage.

Part of the strategy for generating rapid-response
ground-motion maps was to determine the best format
for reliable presentation of the maps, given the diverse
audiences. In an effort to simplify and maximize the flow
of information to the public, ShakeMap was designed to
produce not only peak-ground acceleration and velocity
maps, but also an instrumentally derived, estimated
Modified Mercalli Intensity map. The color-coded
instrumental intensity map makes it easier to relate the
recorded ground motions to the felt experience and dam-
age distribution. ShakeMap was first developed for
earthquakes in Southern California as part of the TriNet
Project, a joint effort by the USGS, the California Insti-
tute of Technology, and the California Geological Survey
(Wald et al., 1999b). Following the Northridge earth-
quake, older analog instruments were replaced with
a modern seismic network employing near-real time
digital communications. A by-product of that new net-
work, ShakeMap was made possible by advances in tele-
communications and computer-processing speed, as well
as research that improved empirical ground-motion pre-
dictions and the relations among recorded ground
motions and shaking intensities. A prototype ShakeMap
system was first deployed in Southern California in
1997; refinements to the ShakeMap system continue
today.
Related systems and uses
ShakeMap has facilitated the development and implemen-
tation of additional post-earthquake analyses and tools.
Separate map layers are generated, each comprised of
the spatial distribution of a specific peak ground-motion
parameter (specifically acceleration, velocity, or
response-spectral acceleration) as well as a layer for
instrumentally derived seismic intensities. In addition to
maps, ShakeMap produces an equally spaced grid
containing the value of each parameter, as well as geo-
graphic information system (GIS) files and a host of other
products for intended uses and users. Peak ground and
spectral acceleration are fundamental parameters for
earthquake-engineering and loss-estimation analyses;
grids of shaking values can be combined with building
inventory or lifeline databases to rapidly produce maps
of estimated damage.

One such commonly used loss-modeling approach,
both for post-earthquake response and pre-earthquake
mitigation, is the Federal Emergency Management
Agency’s (FEMA) Hazards U.S. (HAZUS) software.
FEMA routinely uses HAZUS to compute earthquake
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losses based on ShakeMap input within the USA.
A secondary system for ShakeMap, ShakeCast (short for
ShakeMap Broadcast), is a fully automated system for
delivering specific ShakeMap products to critical users
and for triggering established post-earthquake response
protocols (Lin and Wald, 2008). ShakeCast allows utility
and transportation agencies, businesses, and other large
organizations to control and optimize the earthquake
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information they receive. With ShakeCast, users can auto-
matically determine the shaking value at their facilities, set
thresholds for notification of different degrees of damage
for each facility, and then automatically notify (via pager,
cell phone, or email) specified operators, inspectors, or
responders within their organizations who are responsible
for those particular facilities so they can prioritize
response. Having deployed ShakeCast, the California
Department of Transportation (Caltrans) can prioritize
inspection of thousands of bridges and overpasses state-
wide, an otherwise potentially overwhelming task.

Another secondary system, also developed primarily as
a by-product of the USGS global implementation of
ShakeMap, is called PAGER (Prompt Assessment of
Global Earthquakes for Response). PAGER combines
shaking intensity with exposed populations to rapidly
and automatically estimate economic and human impacts
worldwide. Unlike regional ShakeMap systems that rely
on dense instrumentation, the global ShakeMap system
relies primarily on the predictive aspects of the ShakeMap
system; it incorporates site amplifications based on
approximate soil conditions derived from topographic
slope and utilizes macroseismic intensity data, if available,
from near-real time, Internet-based data collection sys-
tems such as the USGS “Did You Feel It?” system (Wald
et al., 1999a).
Outlook
Though developed primarily for post-earthquake, near-
real time situational awareness, ShakeMap algorithms,
which incorporate empirical ground-motion estimation
capabilities, are widely used for other purposes. One
side-benefit of the built-in ability to estimate ground
motions for a specified earthquake is for generating
hypothetical earthquake ground-motion maps. Such
“Scenario ShakeMaps” are highly useful for response
planning and long-term earthquake mitigation since
portraying the overall pattern of shaking for potential
future events is highly useful for earthquake drills and
loss assessments. Calibration of earthquake loss models
is facilitated by running ShakeMaps for historical earth-
quakes, which has been done for significant earthquakes
around the globe from 1970 to 2008 (the ShakeMap
Atlas; Allen et al., 2009). Some of these historic
ShakeMap events have constraints from ground motion,
intensity, and fault extent; others are purely predictive.
Nonetheless, such historic ShakeMaps can be used for
loss calibration or for better scientific understanding of
the nature of past earthquakes. Ongoing refinements
and the addition of earlier past or more recent events will
continue. In addition, refinements to ShakeMap algo-
rithms, products, formats, and associated tools are ongo-
ing, and ShakeMap systems are being deployed and
operated in numerous countries. At the time of this arti-
cle, systems operate or are in development in countries
including the USA, Italy, Iceland, Switzerland, Greece,
Romania, China, and Indonesia.
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Definition
Seismic moment. A measure of the size of an earthquake.
In the simplest situation it represents the moment of the
couples of forces that make up a dipolar source. In more
general cases it is a 3 by 3 symmetric tensor of elementary
force couples. For planar faults it is the product of rigidity
by slip times the source area.
Seismic radiation. The seismic waves emitted by an earth-
quake. For point sources these are spherical P and S waves
emitted by the point source.
Seismic spectrum. Fourier transform of the seismic waves
in the far field from the source. In general, when it is not
noted otherwise, it refers to the amplitude of the Fourier
transform of the far-field displacement.
Kinematic earthquake model. A model of slip history of
rupture on a fault determined from near and far-field
observations. In kinematic models, the propagation of rup-
ture is arbitrarily specified.
Dynamic earthquake model. A model of rupture propaga-
tion on an earthquake fault based on fracture mechanics.

Introduction
Earthquake source theory studies the dynamics of seismic
sources in the Earth. The simplest possible model of
a seismic source is that of a point source buried in an elas-
tic medium. A proper understanding of the exact nature of
seismic source took more than 50 years since the first
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efforts by Nakano and colleagues in the 1920s in Japan.
Earthquakes were initially modeled as simple explosions,
then as point forces and, finally, as the result of fast trans-
formational strains inside a sphere. In the early 1950s, it
was recognized that P waves radiated by earthquakes
presented a spatial distribution similar to that produced
by single couples of forces, but it was very soon recog-
nized that this type of source could not explain S wave
radiation. The next level of complexity was to introduce
a double couple source, a source without resultant force
or moment. The physical origin of the double couple
model was established in the early 1960s. Soon after that,
finite source models derived from dislocation theory were
introduced as a simple way to model observations of seis-
mic radiation. Dislocation models present some severe
mechanical problems that we will discuss later. They were
soon replaced by more mechanically sound models based
on dynamic shear cracks. These are the two kinds of
models that are currently being used to model earthquakes
over a broad range of frequencies and length scales.
Point source models
The radiation from a point force or Green function is the fun-
damental solution of the equation of elastodynamics. With
few rare exceptions, seismic sources are due to fast internal
deformation in the earth, for instance, faulting or fast phase
changes on localized volumes. For a seismic source to be of
internal origin, it has to have zero net force and zero net
moment. It is not difficult to imagine seismic sources that
satisfy these two conditions. The simplest such source is
an explosion or implosion, but they do not produce shear
waves, at least in uniformmedia. The next group of possible
sources is dipoles, quadrupoles, or combinations thereof.
Experimental observation has shown that simple dipoles
are not good models of seismic sources. It is possible, how-
ever, to combine three orthogonal linear dipoles in order to
form a general seismic source. These three dipoles represent
the principal directions of a symmetric tensor of rank 2 that
we call the seismic moment tensor:

M ¼
Mxx Mxy Mxz
Mxy Myy Myz
Mxz Myz Mzz

2
4

3
5 (1)

This moment tensor has a structure that is identical to

that of a stress tensor, but it is not of elastic origin. The
off-diagonal elements of the moment represent the torque
produced by two point forces of direction i separated by an
infinitesimal distance in direction j. The diagonal terms
represent linear dipoles, two opposite forces separated by
a very small distance.

Radiation produced by a point moment tensor source
located at point r0:

M r; tð Þ ¼ M0ðtÞd r� r0ð Þ (2)

form a set of Green functions. In a homogeneous, linear
elastic medium, these Green functions are well known
and contain both near-field and far-field terms. The most
important are the far-field terms, the radiation observed
at large distance from the source. These are:

uPi r; tð Þ ¼ 1
4pra3

1
R

X
jk

RP
ijk

_Mjk t � R a=ð Þ (3a)

for P waves, and

uSi r; tð Þ ¼ 1

4prb3
1
R

X
jk

RS
ijk

_Mjk t � R b=ð Þ (3b)

for S waves. Here R is the distance from the source to the
observer. RP and RS are the radiation patterns of P and
S waves, respectively; r; a; andb denote the density and
the P and S wave speeds of the elastic medium. The radi-
ation patterns are different for every element of the
moment tensor with its own set of symmetries and nodal
planes. We observe that the far-field signal carried by both
P and S waves is the time derivative of the seismic
moment components, so that far-field seismic waves are
proportional to the moment rate of the source.

Very often in seismology, it is assumed that the geometry
of the source can be separated from its time variation, so that
the moment tensor can be written in the simpler form:

M0ðtÞ ¼ M0OðtÞ (4)

where, M0 is a time-invariant tensor that describes the
geometry of the source and OðtÞis the time variation of
the moment, the source time function determined by seis-
mologists, often called also the scalar seismic moment rate.
In this case, we can nowwrite a simpler form of Equation 3:

uci r; tð Þ ¼ 1
4prc3

1
R
Rc y;fð Þ _O t � R c=ð Þ (5)

where, c stands for either the P or the S wave velocity. For
P waves, uc is the radial component; for S waves, it is the
appropriate transverse component for SH or SV waves.
We observe that the signal emitted by the source in the
far field is the derivative of the scalar moment time func-
tion OðtÞ. The term Rc y;fð Þis the radiation pattern,
a function of the takeoff angle of the ray at the source.

With small modifications designed to take into account
smooth variations of elastic wave speeds in the earth, these
expressions are widely used to generate synthetic
seismograms in the far field. The main changes that are
needed are the use of travel time instead of R/c in the wave-
form (Equation 5), and a more accurate geometrical spread-
ing to replace the 1/R term. The complete expressions are
given by Aki and Richards (2002). In most work with local
earthquakes, the approximation (Equation 5) is frequently
used with a simple correction for free surface response.

What does a seismic moment represent? A number of
mechanical interpretations are possible. In the previous sec-
tions, we introduced it as a simple mechanical model of
double couples and linear dipoles. Other authors (Backus
and Mulcahy, 1976) have explained them in terms of the
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distribution of inelastic stresses (sometimes called stress
“glut”). Let us first notice that a very general distribution
of force of internal origin must necessarily derive from
a symmetrical seismic moment density of the form

f r; tð Þ ¼ H �M0 r; tð Þ (6)

where, M0 is the moment tensor density per unit volume.
It is not difficult to prove that such a force distribution
has neither net force nor torque. The moment tensor repre-
sents a stress tensor due to internal stresses as proposed by
Eshelby (1957). From the moment tensor one can define
the associated inelastic strain by

M0 ¼ lyI Iþ 2m«I (7)

where, I is the identity matrix in 3D, l and m are the elastic
constants. «I represents the inelastic strain at the source.
This is the strain that would occur in the body in the
absence of elastic forces. We can now define eI for
a fault segment. Let the source be reduced to a 2D fault
element of area dS and thickness h. Then the inelastic
strain that occurs across the fault element dS is approxi-
mately ½ D/h, the ratio of the displacement discontinuity
or slip, D across the fault by the thickness of the fault.
Thus eI h ! D 2= as h decreases to zero fault width. For
a planar moment distribution we get a 2D seismic moment
distribution

dm0 ¼ mDdS (8)
That is, the moment density of a shear fault is just the
product of the elastic constant by slip, a classical result
obtained by Burridge and Knopoff (1964) using
a different argument based on the representation
theorem.

Seismic radiation in the spectral domain. In seismi-
cally active areas the waves radiated by earthquakes
become quite complex because of multipathing, scatter-
ing, attenuation, site response, etc., so that the actually
observed seismogram resembles the source time function
OðtÞonly at long periods. Complexities in wave propaga-
tion affect much less the spectral amplitudes in the Fourier
transformed domain. Radiation from a simple point
moment tensor source can be obtained from Equation 5
by straightforward Fourier transformation:

uci r;oð Þ ¼ 1
4prc3

1
R
Rc y;fð Þ ~O oð Þ exp �ioR c=ð Þ (9)

where, ~O oð Þ is the Fourier transform of the source time
function, OðtÞ:

From the scaling of moment with earthquake size, Aki
(1967), and from spectral observations, Brune (1970) con-
cluded that the seismic spectra decayed aso�2 at high fre-
quencies. A simple model of the spectral amplitude is:

O oð Þ ¼ M0

1þ o2 o2
0

� (10)
where, o0 is the corner frequency of the earthquake, the
intersection between the low and high frequency asymp-
totes of expression (11). This is the so-called omega-
squared model of seismic radiation. In this model, seismic
sources are characterized by only two independent scalar
parameters: the seismic moment and the corner frequency.
As mentioned earlier, not all earthquakes have displace-
ment spectra as simple as this, but the omega-squared
model is a simple starting point for understanding seismic
radiation.

Finite source models
Earthquakes are due to the fast propagation of slip on
a fault, or fault system, at speeds of the order of that of
shear waves. There is evidence that a few events have
propagated at speeds faster than that of shear waves, but
these are exceptional events. For most others, the speed
of rupture propagation is close to that of Rayleigh waves
on the fault. Traditionally, finite source earthquake models
are either kinematic or dynamic. In the first class the distri-
bution of seismic moment and rupture time are specified in
order to satisfy certain observational constraints on the
source. The most common way is to specify the rupture
process based on simple models of rupture propagation,
for instance, at constant speed and then determining the
distribution of moment (slip) on the fault from the wave-
forms observed in different seismic stations. As the data
has improved kinematic inversion methods have become
increasingly sophisticated, but the basic problem of how
does a rupture grow cannot be determined from basic
kinematic principles. The alternative is to use dynamic
models where rupture is computed numerically from the
specification of the stresses that prevail on the fault and
the friction law that acts on the fault surface.

Kinematic models
One of the most widely used kinematic models was intro-
duced by Haskell (1964). In this model a uniform dis-
placement discontinuity spreads at constant rupture
velocity inside a rectangular fault. At low frequencies,
for wavelengths longer than the size of the fault, this
model is a reasonable approximation to the rupture of
a strike slip fault. In Haskell’s model at time t = 0, a line
dislocation of width W appears suddenly and propagates
along the fault length at a constant rupture velocity v until
a region of length L of the fault has been broken. As the
dislocation moves it leaves behind a zone of constant
slip D. Assuming that the fault lies on a plane of coordi-
nates (x, y), the slip function can be written as

D x; y; tð Þ ¼ D s t � x=vð Þ for

�W < y < W and 0 < x < L
(11)

where, s(t) is the source time function that, in the simplest
version of Haskell’s model, is invariant with position on
the fault. The most important feature of this model is the
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propagation of rupture implicit in the time delay of rupture
x/v, where v is the rupture velocity. An obvious unphysical
feature of this model is that rupture appears instantaneously
in the y-direction; the other is that near the borders of the
fault slip suddenly jumps from D to zero. This violates
material continuity and produces very strong unphysical
stress concentrations. In spite of these two shortcomings,
Haskell’s model gives a simple, first-order approximation
to seismic slip, fault finiteness, and finite rupture speed.
The seismicmoment of Haskell’smodel is justM0 = mDLW.
This model has been extensively used to invert for seismic
source parameters both in the near and far field from seis-
mic and geodetic data. Some of the limitations of Haskell’s
model can be improved by admitting that slip is variable on
the fault, so that D in Equation 11 is no longer assumed to
be constant but a function of position on the fault. Slip
can be tapered as suggested by dynamic models of rupture.
Rupture speed can also be made variable.

Dynamical fault models
The most frequently used source models are dynamic
models, based on some basic concepts of fracturemechanics
introduced by seismologists in the middle 1960s. The sim-
plest of these dynamic models is a circular shear crack. This
model was introduced by several authors in order to relate
fault slip to stress drop inside a fault. A natural approach
to model earthquakes was to use well-known results from
fracture mechanics. Among dynamic models we consider
here a circular shear crack, assuming that rupture starts from
a point and then propagates self-similarly until it finally
stops at a certain source radius. This model was carefully
studied in the 1970s and a complete understanding of it is
available without the need of getting into the details of the
numerical modeling of earthquake sources.

Kostrov’s self-similar circular crack. The simplest
model of how an earthquake starts is a circular-shaped rup-
ture front that starts from a point and spreads at constant rup-
ture speed vwithout ever stopping. Slip on this fault is driven
by stress drop inside the fault. The solution for slip across the
fault, found by Kostrov (1964), is surprisingly simple:

D r; tð Þ ¼ CðvÞDs
m

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
v2t2 � r2

p
(12)

where, r is the radius of the fault measured from the point
of rupture initiation, vt is the instantaneous radius of the
rupture at time t, Ds is the constant stress drop inside the
rupture zone, m is the elastic shear modulus, and C(v) is
a very slowly varying function of the rupture velocity.
For most practical purposes C �1. Inside the fault, for
r < vt, the stress change produced by the slip function is
constant and equal to Ds. Thus for constant stress drop,
slip inside the fault scales with the “ratio of stress drop
over rigidity ‘times’ the instantaneous radius of the fault.”
As rupture propagates, displacement around the fault
scales with the instantaneous radius of the rupture zone.
The dynamic model (Equation 12) describes rupture prop-
agation, but it has no mechanism to stop the rupture.
A finite fault model can be developed from Equation 12
by assuming that rupture suddenly stops after the fault has
grown to a certain fixed radius. This simple dynamic
model was proposed by Madariaga (1976). The circular
crack problem is posed in terms of stresses not of slip,
but the rupture process is fixed in advance so that rupture
does not develop spontaneously. This is the only unrealis-
tic feature of this model and it is the reason it was qualified
as quasidynamic, that is, rupture is kinematically defined,
but slip is computed solving the elastodynamic equations.

The static circular shear crack.We start by a quick study
of a simple circular crack from which we derive some of the
most fundamental properties of dynamic source models. Let
us consider a static circular (“penny shaped”) crack of radius
a lying on the x, y plane. Assuming that the fault is loaded by
an initial shear stress s0 and that the stress drop Ds is uni-
form inside the fault, slip on the fault is given by

DðrÞ ¼ 24
7p

Ds
m

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
a2 � r2

p
(13)

where, r is the radial distance from the center of the fault, a
is the radius of the shear crack, and m is the elastic rigidity
of the medium surrounding the crack. Slip in this model
has the typical elliptical shape that we associate with
cracks. The taper of slip near the edges of the crack is
the hallmark of dynamic source models. The slip distribu-
tion near the edges has a parabolic shape that is closely
related to stress concentrations outside the fault zone
(see Madariaga and Olsen, 2002).

From Equation 13 we can determine the scalar seismic
moment for a circular fault,M0 ¼ 16=7 Ds a3, so that the
moment is the product of the stress drop times the cube of
the fault size. This simple relation is the basis of the seismic
scaling law proposed by Aki (1967). The circular crack
model has been used to quantify numerous small earth-
quakes for which the moment was estimated from the
amplitude of seismic waves, and the source radius was esti-
mated from corner frequencies, aftershock distribution,
etc.; the result is that for shallow earthquakes in crustal
seismogenic zones like the San Andreas fault, or the North
Anatolian fault in Turkey, stress drops are of the order of 1–
10 MPa. For deeper events in subduction zones, stress
drops can reach several tens of MPa. Thus, in earthquakes,
stresses do not change much, at most a couple of orders of
magnitude, while source radius varies over several orders of
magnitude frommeters to 100 km or more. It is only in this
sense that the usual assertion “stress drop in earthquakes is
constant” should be taken; it actually changes but much less
than the other parameters in the scaling law.

The quasi-dynamic circular crack. There are no simple
analytical solutions like Equation 13 for finite dynamic
cracks. We are forced to use numerical solutions that are
actually very simple to obtain using either finite difference
or boundary integral equation techniques. The full solution
to the circular crack problem is shown in Figure 1. Initially,
until the sudden arrest of rupture at the final radius a, the
slip distribution can be accurately computed using
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Earthquakes, Source Theory, Figure 1 Slip distribution as
a function of time and position for Madariaga’s (1976) quasi-
dynamic circular crack model.
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Kostrov’s self-similar solution (Equation 12). The stopping
of rupture generates strong healing waves that propagate
inward from the rim of the fault. These waves are of three
types: P, S, and Rayleigh waves. Soon after the passage of
the Rayleigh waves, slip rate inside the fault decreases to
zero and the fault heals. After healing, we assume that fric-
tional forces are sufficiently strong that no slip will occur
until the fault is reloaded. As observed in Figure 1, it is clear
that slip and rise time are functions of position on the fault,
the rise time beingmuch longer near the center where slip is
also larger than near the edges of the fault where slip is
clamped. Finally, let us note that the slip after healing is
very similar to that of a static circular crack, except that
there is a slight overshoot of slip with respect to the static
solution (Equation 13). The overshoot is of course a func-
tion of the rupture speed, but its maximum value is of the
order of 15% for a rupture speed of 0.75.

Future work
Seismic observations have steadily improved in the last
20 years due to the wide availability of digital, continuously
recording accelerograms that can be integrated to obtain
velocity and band limited displacement fields near active
faults. Additional information about rupture is provided by
field studies of faulting associatedwith earthquakes and from
geodetic observations. Modeling and inversion of such data
has been usually done using kinematic models derived from
the original Haskell model. This approach gives solutions
that are very nonunique because the rupture process (the rup-
ture velocity) is difficult to estimate. Rupture velocity
actually controls seismic radiation, so that poor velocity con-
trol leads to poor seismic inversions. There is hope that
dynamic models, where rupture is inverted as part of the
inversion process will provide better estimates of the stress
field around major fault zones along with some essential
parameters like the friction law that controls rupture
propagation.
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Definition
Strong-ground motion. An earthquake-induced ground
motion capable of damaging man-made environment.
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Introduction
Earthquake ground motion is a natural phenomenon associ-
ated with a sudden release of energy due to a fault rupture.
Strong-motion seismology deals with seismic waves radi-
ated by large earthquakes. More precisely, it is concerned
with measurement, interpretation and prediction of strong
shaking generated by damaging earthquakes.

Because of the engineering need for estimates of future
strong-ground motion, the scope of strong-motion seis-
mology encompasses seismic source theory and all other
aspects of seismology that can provide insights helpful
in making the best possible earthquake ground-shaking
scenarios given the limited observational data.

Accumulated data have been providing very important
knowledge about rupture processes of earthquakes, propaga-
tion paths and site effects on ground motion, and the relation
between ground motion, damage, and other earthquake
related phenomena (e.g., landslides earthquake induced).

The most important goals of strong-motion seismology
are the improvement of the physical understanding of the
processes controlling strong-ground motion and the reli-
able assessment of seismic hazard.

To assess the hazard for engineering design applica-
tions and due to the limited availability of strong-ground
motion records, it has become increasingly common to
compute broadband synthetic seismograms that allow us
to perform realistic waveform modeling for different
seismotectonic environments. The modeling has to take
simultaneously into account the properties (e.g., dimen-
sions, directivity, and near-field effects) of the radiating
source, lateral heterogeneities along the path, and local
site effects.

The joint use of reliable synthetic signals and observa-
tions can be fruitfully used for design purposes. In fact,
even if recently strong-motion records in near-fault, soft
soils, or basin conditions have been obtained, their num-
ber is still very limited to be statistically significant for
seismic engineering applications.

The lack of a representative set of observations is due to
the low frequency of large earthquakes and to the diffi-
culty of providing a proper instrumental coverage of all
the areas prone to strong shaking. Despite of the growing
strong-motion registration networks, the existing database
is still not complete with respect to the possible scenario
earthquakes, and the lack of completeness will last for
many years if not centuries. The variability of ground
motion, due to different causes, e.g., spatial variability,
source parameter variability, azimuthal variability
(Strasser and Bommer, 2009), show how the current avail-
able strong-motion data still represent only a small sample
of all physically possible ground motion. The mathemati-
cal modeling, with different degrees of complexity, based
on probabilistic concepts cannot fill in the gap due to the
lack of knowledge about the physical process behind an
earthquake (Panza et al., 2004). Therefore, to resort to
broadband synthetic seismogram is a fundamental step:
where no records are available, synthetic signals can be
used to estimate the ground motion without having to wait
for a strong earthquake to occur.

Description of strong-ground motion
A seismic record of ground acceleration, due to
a damaging shaking, is usually defined a strong-motion
datum. There is not a quantitative rule, but it is generally
assumed that damaging earthquakes are those of magni-
tude 5 and above. The threshold to be exceeded in terms
of peaks acceleration for ground motion to be considered
strong motion is quite blurred. The strongest recorded
earthquake motions have peaks between 1 and 3 g, but
these are very rare events. Usually, damages are caused
by ground motion, which exceeds the threshold of 0.1 g,
but Bolt and Abrahamson (2003) lower this limit to 0.05 g.

Due to the importance of strong motion for earthquake
engineering, a number of different parameters have come
into use to represent various characteristics of strong
motion. Actually, the most appropriate way to describe
or specify the characteristics of ground motion for the pur-
pose of seismic design is still an open problem. A large
number of parameters have been proposed for measuring
the capacity of earthquakes to damage structures. How-
ever, to account for the complex characteristics of earth-
quake-induced strong-ground motion in the engineering
analysis and design, the need arose for a more inclusive
definition of the existing parameters and for the introduc-
tion of new ones. In fact, the adoption of inadequate
parameters can lead to the definition of unrealistic design
earthquakes and consequently to the unreliable evaluation
of the seismic risk.

The parameters fundamentally involved in the evalua-
tion of the level of severity associated with strong motion
are, for engineering purposes, the frequency content, the
amplitude, and the effective duration.

Beginning about the 1960s, the most used ground-
motion parameter for quantification of ground motion
was the peak ground acceleration (PGA), as the inertia
forces depend directly on acceleration. PGA is simply
obtained from unprocessed accelerograms. However,
PGA is a poor indicator of damage, since, as observed,
time histories with the same PGA could be very different
in their frequency content, strong-motion duration, and
energy level. In fact, PGA may be associated with high
frequency pulses, which do not produce significant dam-
age to the buildings as most of the impulse is absorbed
by the inertia of the structure with little deformation. On
the other hand, a more moderate acceleration may be asso-
ciated with a long-duration pulse of low frequency (accel-
eration pulse), which gives rise to a significant
deformation of the structure. The peak ground velocity
(PGV) is another useful parameter for the characterization
of ground-motion amplitude. The velocity is less sensitive
to the higher-frequency components of the groundmotion,
so the PGV should be more useful than the PGA in charac-
terizing the damaging potential of ground motion. For
design purposes, the peak ground displacement (PGD),
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generally associated with the lower-frequency compo-
nents of an earthquake ground motion, has been recog-
nized as useful parameter, mostly for the design of
seismically isolated structures.

The response spectrum, firstly proposed by Benioff
(1934), defined as the maximum response of a damped
harmonic system to input motion (Anderson, 2003), is
a parameter widely used for engineering purposes.

Another ground-motion parameter, very important for
engineers, is the duration of shaking (Villaverde, 2009).
Duration can impact structures and response of soils:
structures that can stand one or two large oscillations
may collapse under prolonged motions, and while
a second of shaking of sandy soil can be tolerated,
repeated oscillations can induce liquefaction (Jennings,
2003). But there is not a unique definition of duration, as
clearly evidenced in Bommer and Martinez-Pereira
(1998), where 30 definitions of strong-motion duration
are reported. The available definitions can be classified
in three different groups, or as a combination of them
(Montejo and Kowalsky, 2008): (1) “bracketed” durations
(Bolt, 1969), in which the duration is defined to be the
time interval between the first and the last exceedances
of a threshold of acceleration; (2) “significant” durations
that define the duration of strong motion as the time inter-
val during which a given percentage of the total energy of
the record is released; and (3) frequency-dependent dura-
tions, in which the duration of strong-ground motion is
analyzed separately in several narrow-frequency bands
(Bolt, 1969; Trifunac and Westermo, 1977). The follow-
ing two examples of duration measurement show the
limits of this parameter. A way to estimate duration is to
measure the interval of time within which acceleration
exceeds some threshold, usually 0.05 g (bracketed dura-
tion, Bolt, 1969); another measure is the interval of time
in which 90% of the integral of the acceleration-squared
is recorded. These two estimations yield opposite results
as the distance from the source increases. Peak ground
motions decrease, as a rule, with increasing distance from
the source (for exceptions, see e.g., Panza and Suhadolc,
1989; Fah and Panza, 1994), but energy becomes dis-
persed, so the time that is necessary to wait for the arrival
of the 90% of the total energy in the seismogram increases
(Anderson, 2003).

Several equations, commonly referred to as attenuation
relations or ground-motion prediction equations (GMPE),
have been proposed over the years from strong-ground
motion observations and theoretical studies. These mathe-
matical expressions give ground-motion intensity mea-
sures as a function of earthquake magnitude and
distance. They may be determined empirically, by
a regression of recorded ground motion, or theoretically,
using seismological models to generate synthetic ground
motions that account for the source, site, and path effects.
Theoretical attenuation relations between various source
parameters are used to estimate source parameters for
earthquakes that have not yet occurred, or for which
parameters of interest are unknown (e.g., Geller, 1976;
Oth et al., 2007; Somerville et al., 1997). The other
approach uses empirical relations between source parame-
ters compiled for a huge number of earthquakes (e.g.,
Wells and Coppersmith, 1994). In the past few years, the
availability of additional strong-motion data has allowed
the incorporation of additional parameters, such as type
of fault, fault orientation; further recent relationships have
increasingly become more refined, although, at the same
time, more complicated. Attenuation relations are usually
grouped into three sets (Panza et al., 2004): shallow crustal
earthquakes in active tectonic regions, shallow crustal
earthquakes in stable tectonic regions, and subduction
zone earthquakes. These relations can differ in the
assumed functional form, the data selection criteria, the
number and definition of independent variables, and the
statistical treatment of the data. A review can be found in
Douglas (2003), where the complete procedure that needs
to be followed to derive equations for the estimation of
ground motion from recorded strong-motion data is outlined
as well. As the coefficients of the attenuation relations are
determined empirically bymeans of regression analysis, they
are quite sensitive to the used data set, an example of the
dependence of attenuation relations on the procedure
followed in the data processing is given by Parvez et al.
(2001) for the Himalayas. The Izmit, Turkey, earthquake of
August 17, 1999 and the Chi Chi, Taiwan, September 20,
2000, did show the inadequacy of the existing database: as
explained in Anderson (2007), the GMPEs available at that
moment underestimated the peak accelerations for those
events. The discrepancies could be due to a wide variety of
factors, so these examples suggest that a large amount of data
and a deep physical understanding of the processes involved
in seismic events are needed to improve the quality of
GMPEs (Anderson, 2007). A common main source of error
can be mathematical shortcomings that arise when attenua-
tion relations are used in geologically complex areas (e.g.,
Peresan et al., 2010).

As stressed earlier by Aki: “a major goal of strong-
motion seismology is to be able to synthesize strong-
motion seismograms suitable for use in engineering
analysis” (Anderson, 2003, p. 942). The use of computa-
tional modeling has the aim to simulate the wave genera-
tion and propagation process in complex media. The
formulation of physical-mathematical models aimed to
represent the effective complexity of the phenomenon
and their resolution is a complicated affair. With the
exception of a very limited number of simple situations,
the physical-mathematical approach does not lead to
closed form solutions, i.e., fully analytical, so it is neces-
sary to employ numerical procedures, more or less com-
plex, or approximated theories (Bolt, 1999).
Earthquake source effects on strong-ground
motion: near-field effects
Source effects on far-field seismograms are discussed by
Aki and Richards (1980, Chap. 14). Seismic data used in
earthquake engineering are occasionally collected in the
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near-field, but the question where the near-field ends and
the far-field begins is gradational and will not be
addressed here.

Near-fault ground motions often contain large long-
period pulses (Somerville, 2002). There are two causes
for these pulses: one is constructive interference of the
dynamic shaking due to rupture directivity effects, the
other is due to the movement of the ground associated with
the permanent offset of the ground. For keeping these two
causes separated, the terms “directivity pulse” and “fling
step” have been introduced (Bolt and Abrahamson, 2003).

Large earthquakes are produced by rupture that starts at
a point and travels with a velocity that is generally only
slightly smaller than the shear-wave velocity in the
medium. Therefore, when rupture is towards the station,
the propagation causes most of the seismic energy to
arrive in a single large pulse occurring at the beginning
of the record. Forward-directivity effects occur when the
rupture front propagates towards the recording site and
the slip direction on the fault is aligned with the site. Back-
ward-directivity effects, occurring when the rupture front
propagates away from the recording site, generates oppo-
site effects, i.e., longer-duration motions, lower ampli-
tudes, and longer periods. This phenomenon has been
first explained by H. Benioff in 1955, when analyzing
the records of the 1952 Kern County, California, earth-
quake. The conditions for generating forward-rupture
directivity effects are readily met in strike-slip faulting,
where the rupture propagates horizontally along the strike
either unilaterally or bilaterally, and the fault slip direction
is oriented horizontally in the direction along the strike of
the fault. As described by Bolt and Abrahamson (2003),
for strike-slip earthquakes, the rupture directivity is
observed on the fault normal component, and the static
displacement fling step is observed on the fault parallel
component. The conditions required for forward directiv-
ity are also met in dip-slip faulting, including both reverse
and normal faults. The alignment of both the rupture direc-
tion and the slip direction updip on the fault plane pro-
duces rupture directivity effects at sites located around
the surface exposure of the fault (or its updip projection
if it does not break the surface). Consequently, it is gener-
ally the case that all sites located near the surface exposure
of a dip-slip-fault experience forward-rupture directivity
when an earthquake occurs on that fault.

For dip-slip earthquakes, the separation of the effects
(rupture directivity and fling step) on the fault components
is more complicated: the rupture-directivity effect will be
strongest on the fault normal component at a location
direct updip from the hypocenter, and the fling-step will
also be observed on the horizontal component perpendic-
ular to the strike of the fault, i.e., directivity-pulse effects
and fling-step effects occur on the same component for
dip-slip faults. The horizontal records of the 1966
Parkfield and 1971 San Fernando, California, earthquakes
were the first to be discussed (Bolt, 1975) as examples of
near-fault velocity pulses. The pulses from both directivity
and fling-step may attenuate differently. Hisada and
Bielak (2003) investigated the combined effects of fling-
step and rupture directivity by paying special attention to
the contribution of static and dynamic Green’s functions.
Fling effects are found to be stemmed mainly from the
static Green’s function. They are dominant in the vicinity
of the surface fault and negligible for buried faults since
the static Green’s function decreases rapidly, as (1/r2),
with the distance from the fault. When the observation
point is above the buried fault, the fling step disappears
because the slip dislocation of the fault cannot fling the
ground, due to the presence of a continuous medium
above the fault itself. Directivity effects derive mainly
from the dynamic Green’s function and attenuate as (1/r)
to (1=

ffiffi
r

p
), more slowly than the fling. The combination

of both the effects of rupture directivity and fling-step
results in inclined directions, with respect to the fault
plane, of maximum velocities, and displacements.

The destructive potential of near-fault ground motions
was manifested in the 1994 Northridge and 1995 Kobe
earthquakes. In each of these earthquakes, peak ground
velocities as high as 175 cm/s were recorded. The period
of the near-fault pulses recorded in both of these earth-
quakes lies in the range from 1 to 2 s, comparable with
the natural periods of structures, such as bridges and build-
ings, many of which were indeed severely damaged.

Near-fault recordings from recent earthquakes indicate
that this pulse is a narrow band pulse whose period
increases with magnitude. This magnitude dependence
of the pulse period causes the response spectrum to have
a peak whose period increases with magnitude, such that
the near-fault ground motions from moderate-magnitude
earthquakes may exceed those of larger earthquakes at
intermediate periods (around 1 s).
Wave-propagation effects
Wave propagation in heterogeneous media is addressed in
another chapter herein (see Propagation of Elastic Waves:
Fundamentals), so, here we limit the analysis to site
effects due to their impact on strong-ground motion.

Ground motion can be highly amplified, or deamplified,
by local effects. The essential aspects of site effects on
strong-ground motion are widely addressed in literature
(see e.g., Kawase, 2003). The pioneering works where site
effects are well-recognized date back to 1930s and are due
to Sezawa and Ishimoto (Kawase, 2003), but a first comment
on the effect of near-surface conditions on shaking intensity
during the 1906 San Francisco earthquake dates back to
1910: “Experience shows that the damage done by destruc-
tive earthquakes is much greater on alluvial soil than on solid
rock” (Reid, 1910). Almost all recent destructive earth-
quakes have shown the relevance of site effects in the ampli-
fication of the seismic groundmotion. The classical example
of such a situation is the September 19, 1985 earthquake that,
in Mexico City, about 400 km far away from the epicenter,
caused a large victims toll (about 8,000), destroyed or
heavily damaged hundreds of buildings, and caused few bil-
lion dollars damage (Fah et al., 1994; Anderson et al., 1986).
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The presence of lacustrine sediments is the cause of the large
groundmotion, up to 40 times larger than that of firm ground
(Chàvez-Garcìa and Salazar, 2002). The modeling of wave
propagation in basins, and more generally in complex 2D
and 3D regions, using numerical methods, such as finite dif-
ference (FDM), finite element (FEM), spectral element
method (SEM), boundary integral equation, and boundary
element method (BIEM and BEM) is an active field of
research (see e.g., Aagaard et al., 2001; Bielak et al., 1991;
Bouchon and Sánchez-Sesma, 2007; Graves, 1996;
Komatitsch and Tromp, 1999, 2002a, 2002b; Komatitsch
and vilotte, 1998; Komatitsch et al., 2004; Oprsal and
Zahradnik, 1999, 2002; Pitarka, 1999; Yoshimura et al.,
2003). These methods differ in accuracy with respect to dif-
ferent structural features of the complex heterogeneous
models and considerably in the computational efficiency.
For comparison of several modeling methods, we refer to
the review paper by Takenaka et al. (1998), but the most
recent review of the computational- and numerical-modeling
methods can be found in the book edited byWu andMaupin
(2007). Very recently, a new analytical approach has been
developed and validated performing simulations in the area
of the Kanto basin, Japan (La Mura et al., 2010). It is gener-
ally observed that at stations throughout the basin larger
amplitudes and longer durations of ground shaking are
observed, but the pattern can be very complicated. The
amplification patterns depend not only on the site conditions,
but also on the characteristics of the incomingwavefield and,
therefore, on the source and the wave propagation path.
Clear examples are given in Field (2000).

Last but not least, we mention the liquefaction phenome-
non, largely observed, for example, during the Niigata earth-
quake, Japan, on June the 16th, 1964 (Youd, 2003; Bardet,
2003). Liquefaction of water-saturated sands is believed to
occur when the pore pressure, increased by the strong-
ground motion, reaches the effective confining pressure.
The likelihood that an earthquake will liquefy a site depends
on many site characteristics (e.g., mean grain size, percent-
age of fine-grained sediment, porosity and level of satura-
tion) and on the regional geology, which influences the
amplification and attenuation of strong-motion amplitude.
Ground-motion modeling may help in defining a priori the
liquefaction potential (e.g., Nunziata et al., 2008).
Strong-ground motion modeling
Due to the destructive potential of earthquakes, a goal is to
develop methodologies for modeling strong-ground
motions from seismic sources related to active faults and
subduction zones with high probability of earthquake
occurrence. Confidence in such modeling relies on the
theoretical part of strong-motion seismology and on the
calibration of the techniques against the empirical data.

One of the most common methods to simulate broad-
band strong-ground motion is the use of records from
small earthquakes occurred in the vicinity of the source
area of a large earthquake. This kind of modeling of the
strong motion is known as empirical Green’s function
method, and it has been proposed by Hartzell in 1978
and largely reviewed and applied through the years (see
e.g., Irikura, 1986; Dan et al., 1990). The empirical
Green’s function method has been applied in simulating
strong-ground motions from a large event, even using
observed records of just one or two small events. The
records are used as the empirical Green’s functions over
the fault plane of the large event by correcting only atten-
uation effects due to difference in distance from each
subfault to the site. The advantage of this approach relies
in the fact that the seismograms contain all the complexi-
ties of wave propagation. On the other hand, the serious
disadvantage is that the empirical Green’s functions may
not be available for the desired source-station path and
may originate by an earthquake with a focal mechanism
and/or depth different from the desired one.

Very recently, a procedure, called “recipe of strong-
motion prediction,” has been developed to the aim of
obtaining ground-motion time histories from specific
earthquakes (Irikura et al., 2004). Such a recipe is based
on source characteristics obtained from the waveform
inversion using strong-motion data. The idea is to follow
a procedure, outlined as a recipe, for characterizing the
source model estimating three kinds of source parameters:
outer-, inner-, and extra-fault parameters. The outer are to
outline the overall properties of the target earthquake, such
as entire source area and seismic moment; the inner are
parameters characterizing stress heterogeneity inside the
fault area; the extra parameters are considered to complete
the source model, such as the starting point and propaga-
tion pattern of the rupture.

The theoretical approach to the simulation of strong
motion, based on the computation of synthetic
seismograms, has experienced an impressive growth in
the last decades. A description of both analytical and
numerical methods can be found, e.g., in Anderson
(2003), Bolt and Abrahamson (2003), Bielak et al. (2003).
Hybrid techniques, obtained combining analytical and
numerical methods, e.g., modal summation method and
finite difference (Panza et al., 2001), wave number method
and finite difference (Zahradnik and Moczo, 1996), finite
element and boundary integral method (Bielak et al.,
1991), have been developed and a review of these methods
dating back to 1980 can be found in Moczo et al. (1997).
Numerical-modeling methods for anelastic wave propaga-
tion, that take into consideration the earthquake source,
propagation path, and local site effects, have become avail-
able for the estimation of the site responses and, more gen-
erally, for addressing the problem of solving the wave
equation in 3D models. Then simulations based on finite
difference (see e.g., Sato et al., 1998) or, more recently,
finite element (see e.g., Bielak et al., 2003) and Spectral
Element Method (SEM) (see e.g., Komatitsch and Tromp,
2002a, b; Komatitsch et al., 2004) have been largely used
in order to simulate strong-ground motion in 3D structures.
Avery recent development (LaMura et al., 2010) extended
the very efficient analytical modal summation (Panza et al.,
2001) to 3D anelastic structures.
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Earthquakes, Strong-Ground Motion, Figure 1 From bottom to top: local geotechnical model schematizing the surface geology
along the Warth bridge. Black triangles show the sites of the abutments and of the piers along the section. Transverse acceleration
time series computed at the eight pier sites. The amplitude of the signals is normalized with respect to themaximum one (0.4 g). Blue
and red curves correspond to the case of forward and neutral directivity, respectively. Peak Ground Velocities (PGV) calculated along
the profile, for forward (blue curves) and neutral (red curves) directivity, for a unilateral rupture and for the bedrock case (BED), that can
be compared with the regression analysis for PGV made using a database of near-fault, forward-directivity motions, proposed by:
Somerville (1998) -SOM98- azure curve, Alavi and Krawinkler (2000) -AK00- orange curve and Rodriguez-Marek (2000) -RM00- green
curve, for a magnitude equal to 5.5. Peak Ground Accelerations (PGA) calculated along the profile, for forward (blue curves) and
neutral (red curves) directivity, for a unilateral rupture. Average Response Spectra Accelerations (ARSA) and ARSA + one standard
deviation computed for the eight sites; blue and red curves correspond to the case of forward and neutral directivity, respectively. The
black lines correspond to the two (Type 1 and 2) Design Spectra suggested by EC-8 (EN, 1998) for a 5.5 magnitude earthquake and for
a soil of class D.
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Strong-motion simulation: an example
In this section, an example of simulation of strong ground
motion is discussed. The determination of the seismic
ground motion due to an earthquake with a given magni-
tude and epicentral distance from the site has been done
following a theoretical approach. In order to perform an
accurate and realistic estimate of ground shaking scenario,
it is necessary to make a parametric study that takes into
account the complex combination of the source and prop-
agation parameters, in realistic geological structures.

The realistic modeling of ground motion requires the
simultaneous knowledge of the geotechnical, lithological,
geophysical parameters, and topography of the medium
on one side, and tectonic, historical, paleoseismological,
seismotectonic models on the other, for the best possible
definition of the probable seismic source.

To deal both with realistic source and structural models,
including topographical features, a hybrid method, that
combines modal summation and the finite difference tech-
nique (e.g., Panza et al., 2001) and optimizes the use of the
advantages of both methods, has been used. Wave propa-
gation is treated by means of the modal-summation tech-
nique from the source to the vicinity of the local,
heterogeneous structure that has to be modeled in detail.
A laterally homogeneous, anelastic structural model is
adopted that represents the average crustal properties of
the region. The generated wavefield is then introduced in
the grid that defines the heterogeneous area and it is prop-
agated according to the finite differences scheme. With
this approach, source, path, and site effects are all taken
into account simultaneously.

An example of seismic-input computation is illustrated.
The computations are performed for the Warth bridge,
freeway A2, 63 km south of Vienna (Austria), a location
where no seismic records are available (see Romanelli
et al., 2003, 2004). The information about the possible
seismic input is limited to an estimate of the macroseismic
intensity, in the range from VI to VIII (MSK), the value of
the magnitude, M, of the nearest largest recorded event,
M = 5.5 and the most probable focal depth of strong earth-
quakes, in the range from 6 to 11 km.

The synthetic time signals are calculated for the three
components of motion and the working magnitude is 5.5
(seismic moment equal to 1.8 � 1017 Nm). The study of
possible directivity effects in the direction of the Warth
bridge (see cross section in Figure 1) has been performed
with the method developed by Gusev (2010), based on
the modeling of a Haskell-type seismic source (Haskell,
1964; Haskell, 1966),where a stochastic component allows
to build a spectrum (amplitude and phase) of the source
function that takes into account both the rupture process
and directivity effects. The near-source effect is shown in
Figure 1, where the acceleration time series at the eight sites
are plotted in the case of forward (blue curves) and neutral
(red curves) directivity for a unilateral rupture. In the figure
are also reported the Peak Ground Velocities (PGV) and
Peak Ground Accelerations (PGA) along the profile, for
neutral (N) and forward (F) directivity, calculated for
a unilateral rupture, both for the bedrock case and taking
into account the local site conditions. The curves can be
compared with the regression analysis for PGVmade using
a database of near-fault, forward-directivity motions pro-
posed by Somerville (1998), Alavi and Krawinkler (2000)
and Rodriguez-Marek (2000). From the results it is evident
the strong influence of the rupture and site effects on the
ground-motion characteristics, in terms of amplitude and
duration. The accelerograms exhibit the greatest peaks in
the frequency range, from 1 to 6 Hz, and reach considerable
peak values, around 0.4 g.

The analysis of the computed strong-ground motion
can be carried out in the time domain (broadband
ground-motion time series) and other domains (e.g., Fou-
rier and response spectra). The results show that lateral
heterogeneities and source effects can produce strong spa-
tial variations (e.g., more than doubling the amplitudes) in
the ground motion (also in terms of differential motion)
even over distances of a few tens of meters. In other
words, considering that an increment of one intensity
degree in the MCS scale roughly corresponds to
a doubling of the PGA (Cancani, 1904), a general result
of the modeling is that a difference greater than one unit
in the seismic intensity can be experienced at sites as close
as a few tens of meters.

Conclusions
Solution to earthquake engineering problems, either
design or estimation of seismic hazard, are today very dif-
ferent than they were before a strong interaction between
seismologists and engineers. Today the differences
between strong motion and weak motion have been soft-
ened, due to progress in instrumentation and the aware-
ness that both kinds of motions are useful to the
understanding of the nature of earthquakes. Today it is
unthinkable to study seismic-rupture processes and seis-
mic-wave generation of large earthquakes without near-
source strong-motion data; however, while waiting for
the enlargement of the strong-motion data set, a very use-
ful approach is the development and use of modeling tools
based, on one hand, on the theoretical knowledge of the
physics of the seismic source and of wave propagation
and, on the other hand, exploiting the rich database about
the geotechnical, geological, tectonic, seismotectonic, and
historical information already available. With these
efforts, the prediction of strong motions through physical
modeling is adequate and desirable.
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Definition
Volcano-tectonic earthquakes. “Conventional” double-
couple earthquakes of shallow tectonic origin, occurring
in a volcanic setting, and comprising primary (P) and sec-
ondary (S) waves as well as surface waves.
Rock-fall events. High-frequency (above 2 Hz), “cigar-
shaped” signals caused by the surface impact of solid,
crystallized lava dome material, consisting mainly of sur-
face waves.
Low-frequency earthquakes. Earthquakes with low-
frequency content (0.5–2 Hz), generated at the interface
between a magmatic fluid and solid rock, causing parts
of the volcanic plumbing system such as conduits, dykes,
and cracks to resonate.
Volcanic tremor. Either unstructured, random background
noise on a volcano caused by magma movement, or merg-
ing swarms of low-frequency earthquakes that retain all
characteristics of the single events.
Very-long-period earthquakes. Seismic transients with
periods between tens of seconds and several minutes,
caused by magma/gas movement in the shallow plumbing
system.
Volcano seismology
Introduction
Volcano seismicity covers a large variety of seismic sig-
nals caused by the complex interaction of magmatic and
hydrothermal fluids with solid rock within the volcanic
edifice leading to stress changes, brittle failure of rock,
pressure variations, magma fracturing, and fragmentation.
Volcano seismology has the aim to identify and separate
different seismic signals and attribute them to physical
processes, a task that helps volcanologists to understand
the dynamics of the magmatic systems.

The interpretation of different volcanogenic seismic
signals and the development of conceptual and numerical
models are at the core of any attempt to forecast volcanic
eruptions.While volcano seismology emerged from earth-
quake seismology, it has evolved into a separate discipline
in its own right, dealing with a large complexity of seismic
source processes in a volcanic environment.

Crucial for the interpretation of seismic signals is the
examination of their frequency content by Fourier or fre-
quency analysis by which the signal is decomposed into
harmonic waves and contributions of single frequencies
are compared with each other. This decomposition is
called a frequency spectrum, and its repeated application
in consecutive time windows is referred to as
a spectrogram. It turns out that different volcanogenic sig-
nals can be easily identified and separated by their
frequency content; hence, we will make frequent use of
this methodology in the following sections where the char-
acteristics and the possible origin and source mechanism
of different volcanogenic signals are described. Single
event types are classified according to their source mech-
anism rather than using a phenomenological classification
according to their waveform. A summary of the three main
types of volcanogenic signals and their respective fre-
quency spectra are shown in Figure 1, while volcanic
tremor and very-long-period transients are depicted in
Figures 3–5, respectively.

Volcano-tectonic earthquakes
Volcanoes are often located in tectonically active areas such
as subduction zones, where earthquakes are generated
merely by changes in the regional stress field due to the con-
tinuous movement of the tectonic plates. When magmatic
and hydrothermal processes occur at the same location and
time, the local stress field is further modulated and impacted
upon by these processes. It is this complex interaction
between the regional stress field and local stress modulation
by volcanic processes such as dyke intrusion and (de)pres-
surization of the volcanic plumbing system that leads to
the generation of volcano-tectonic earthquakes, referred to
in the following as VTs for brevity. These stress changes
can be created directly bymagma emplacement, or indirectly
by temperature changes or pressure changes as a result of
magma–water interaction in a hydrothermal system.

Assuming that the pressure modulation through
a magmatic body produces only a localized effect on the
overall stress field impacting only on close distance of
a few hundreds meters from the magmatic source, the
earthquake location in itself indicates the emplacement
of fresh magma (or its withdrawal). Hence, the locations
of VTearthquakes over a certain time period are an indica-
tor of changes in the system rather than providing a picture
of a so-called magma chamber. VTs are generated by
stress changes, as a consequence of magma movement.
In this way, Battaglia et al. (2005) traced the rising magma
dyke through time at Piton de la Fournaise, La Reunion.

Being generated by brittle fracture of rocks along a fault
plane, VTs have all the characteristics of local earth-
quakes: containing a clear primary (P) wave, followed
by the secondary (S) wave, both in the frequency range
of 1–20 Hz (see Figure 1a). If the recordings of several
seismic stations are available, the hypocenter of the event
can be located using standard seismological tools, as well
as other seismic source parameters which can be obtained
by the fault plane solution. Typical VTs range in magni-
tude Mb between 1 and 3.

Rock-fall events
This event type is produced by the impact of falling rock
fragments on the surface of the volcanic edifice, and there-
fore, is typical for dome-building eruptions involving
highly viscousmagma. There is a continuum between small
rock avalanches to highly energetic, so-called pyroclastic
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flows, which are a mixture of hot gas and rock fragments,
ranging from huge boulders to fine volcanic ash particles.
The impact that generates the seismic signal depends on
rock size, impact angle, and the property of the surface.

The signal, a typical example of which is depicted in
Figure 1c, has a “cigar-shaped” waveform, increasing in
amplitude as more and more rocks form a rock avalanche,
gaining speed and momentum. Secondary phases can be
identified in the waveform as the flow reaches a change
in topography slope converting its kinetic energy into
a seismic signal. The frequency content is very high,
containing mostly surface waves. The end of the “cigar”
is reached once the material involved in the flow has set-
tled. Rock-fall signals occur sometimes as secondary
events in connection with low-frequency events that are
able to cause significant seismic shaking of a dome struc-
ture (see below) or volcanic explosions resulting in
a shower of volcanic ejecta and collapsing eruption col-
umns. Another signal with a similar waveform is caused
by so-called lahars, high-density mudflows that can keep
big boulders in suspension. These mudflows occur often
after heavy rainfall or through melting icecaps that cover
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seismologically the least interesting signals on
a volcano, they can often be used as a proxy for magmatic
extrusion rate, assuming that the lava disintegrates and
falls off the dome at the same rate as it is extruded.

Low-frequency earthquakes
Low-frequency earthquakes, depicted in Figure 1b and in
the following referred to as LF, proved to be pivotal to
modern volcano seismology. Several examples have been
quoted where these events have been successfully used to
forecast volcanic eruptions (e.g., Chouet, 1996). Their
occurrence alone has been used as an indicative tool even
though a full understanding of their source mechanism
had not been achieved. On Galeras volcano, Colombia,
the occurrence of a few low-frequency earthquakes played
a major role in the heated scientific and public debate
regarding whether lives could have been saved had their
occurrence been recognized as a warning sign for an
imminent volcanic eruption (Gil Cruz and Chouet, 1997).

Low-frequency earthquakes occupy a spectral range
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continuum between two end-members of seismic catego-
ries: long-period events and so-called hybrid events,
which are similar to long-period events but carry in addi-
tion a high-frequency onset. On Soufriere Hills volcano
in Montserrat, it has been demonstrated that the amount
of high-frequency energy observed in the seismic signal
can vary from station to station, and also at one station
from event to event. Therefore, long-period and hybrid
earthquakes have been grouped together under a more
generic term as low-frequency earthquakes (Neuberg
et al., 2000). These events have been observed on many,
mostly dome-building volcanoes, and have been empiri-
cally associated with the pressurization of the volcanic
system (Lahr et al., 1994; Neuberg et al., 1998).

Very different from tectonic events, low-frequency
earthquakes originate from a boundary between a fluid,
such as gas or magma contained in conduits, dykes, or
cracks, and the solid surrounding rock (e.g., Ferrazzini
and Aki, 1987; Chouet, 1988; Neuberg et al., 2000). Most
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one important aspect: Interface waves are dispersive;
hence, the velocity varies with wavelength, and it is the
slow moving part of the wave field that explains the low-
frequency character (Ferrazzini and Aki, 1987). Figure 2
shows the horizontal and vertical seismic component of
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dimensional dyke model. The single overtones, or modes,
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is controlled by the interface wave velocity which, in turn,
is determined by the rigidity m of the surrounding rock, the
bulk modulus of the fluid k, the wavelength of the inter-
face wave, and the width of the fluid-filled container.

Low-frequency earthquakes are observed onmany volca-
noes, and most observations include one or several of the
following characteristics: (1) LFs occur in swarms, (2) the
waveforms are very similar, (3) their occurrence is highly
regular, (4) with increasing occurrence, the LF swarms
merge into continuous tremor, and most importantly,
(5) major dome collapses or other eruptive phases are pre-
ceded by LF swarms (Miller et al., 1998; Aspinall et al.,
1998; Hellweg, 2003). The highly periodic occurrence of
LFs in swarms of similar waveform can be seismologically
interpreted as a stationary seismic source with a repetitive
non-destructible source mechanism (Green and Neuberg,
2006). The other exciting aspect is their potential as
a forecasting tool for volcanic eruptions or dome collapses.
Both Galeras volcano in Colombia and Soufriere Hills
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volcano in Montserrat are examples where LF swarms
occurred before such events; however, the occurrence of
the earthquakes does not guarantee a volcanic event. This
demonstrates that the mere occurrence of LFs is not yet
a reliable forecasting tool unless the actual trigger mecha-
nism is understood and a direct link between the seismo-
gram and source mechanism can be made.

Several trigger mechanisms for LFs have been pro-
posed, including magma–water interaction (Zimanowski,
1998), stick-slip motion of magma plugs (Goto, 1999;
Iverson et al., 2006), magma flow instabilities (Julian,
1994), periodic release of gas–ash mixtures into open
cracks (Molina et al., 2004), and repeated, brittle fractur-
ing of magma in glass-transition (Neuberg et al., 2006).

Volcanic tremor
As indicated in the previous section, one definition of vol-
canic tremor is the superposition of low-frequency earth-
quakes as they merge in time. Figure 3 depicts an
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example in time and frequency domain from Soufriere
Hills volcano in Montserrat where single LF earthquakes
merge into tremor. If the highly periodic occurrence, or
trigger mechanism, is maintained, the tremor signal
exhibits a spectral signature of integer harmonic spectral
lines (see Figure 3) if the time window from which the
spectral slice is computed is long enough to cover several
events. The distance between the spectral lines is inversely
related to the time separation between LFs of the same
waveform, origin, and time history. As the frequency of
occurrence increases, the distance between spectral lines
will increase as well. In this way, one can measure the
inter-event time, or event rate, by using the separation of
spectral lines, even though the single events have merged
in time into a continuous tremor signal. For this type of
volcanic tremor, it has been shown that the spectral signa-
ture of the tremor signal is identical to the low-frequency
earthquakes of which it is composed (Latter, 1981).

Another definition of volcanic tremor is more general
and refers to the background noise caused by magmatic
processes. Figure 4 shows an example from Piton de la
Fournaise, La Reunion, where volcanic tremor is pro-
duced by lava extruding from fissures. The onset and
end of the tremor signal are remarkably sharp and coincide
with the start and finish of the eruption. The spectrum of
the signal is “white”; hence, it is composed of a large num-
ber of frequencies and does not have any spectral struc-
ture. The origin of the tremor is due to pressure
fluctuations during turbulent magma flow (Julian, 1994).
Another tremor source of this kind can be attributed to
hydrothermal activity or degassing. While such a tremor
signal does not have any distinct seismic phases (like P
and S wave arrival) that could be used to determine the
source location on the base of relative travel times, the rel-
ative amplitudes of the signal can be utilized to obtain an
approximate location of the tremor source.
Very-long-period earthquakes
With the availability of broadband seismic sensors, seis-
mology opened a newwindow to very-long-period signals
caused by transients of pressure variations in the volcanic
edifice with periods ranging from tens of seconds to sev-
eral minutes (Neuberg et al., 1994; Wielandt and
Forbriger, 1999). Measurements in this frequency range
close the gap between classic seismology and ground
deformation as determined by strain-, tilt-meters, and
GPS. However, while ground deformation can be mea-
sured directly as ground displacement, a seismometer
detects the ground velocity, or the temporal change of the
displacement, due to its electromagnetic measurement
principle, reacting to the change of the magnetic flux by
inducing an electric current. The advantage of such
a system lies in the high sensitivity of the detection sys-
tem; the disadvantage is that several data processing steps
are necessary to retrieve the ground displacement, if this is
the quantity required for modeling or further interpreta-
tion. For short-period signals, this does not pose any
problem as the instrument response is constant in this nar-
row (high-) frequency band; hence, the seismogram has
only to be integrated to convert ground velocity into dis-
placement. However, for a broadband seismometer, the
instrument response is highly frequency dependent and
lower frequencies are treated by the seismometer in
a different way than high frequencies. In order to retrieve
the ground displacement from the measured ground veloc-
ity, the effect of the instrument response has to be taken
into account and, if possible, to be removed. This is in
addition to the integration step in the data processing
sequence.

Modern broadband seismometers have a “flat” fre-
quency response typically in the range between 50 and
0.008 Hz, expressed in periods, between 0.02 and 120 s.
Figure 5 shows the effect of the removal of the instrument
response in an example from Stromboli volcano. The seis-
mic record of a Strombolian eruption shows an ultra-long-
period transient in the vertical direction, caused by an
ascending magma/gas plug with an eruptive, high-
frequency seismic signature superimposed. In order to
represent the long-period part of the signal properly, the
original velocity seismogram has to be corrected for the
instrument response as well as integrated. This processing
sequence is shown in Figure 5, where the velocity seismo-
gram is converted to displacement by integration
(Figure 5a), and where finally, after the instrument
response has been successfully removed, the seismogram
(Figure 5d) represents the true ground displacement at
the location of the seismic sensor. The comparison
between corrected and uncorrected displacement demon-
strates the importance of this processing steps. An inter-
pretation or model of the uncorrected trace (Figure 5a)
would comprise an upward movement of the volcanic edi-
fice prior to the Strombolian eruption followed by
a deflation and slow recovery of the edifice. The corrected
trace offers a much simpler interpretation (Neuberg and
Luckett, 1996): The edifice inflates while the magma plug
is ascending, and once the gas is released through, the
eruption deflates to its original level. This example dem-
onstrates that each seismic sensor, and indeed each record-
ing instrument, has to be considered a filter that affects and
modifies the original physical signal in a certain way,
often introducing a frequency-dependent change in ampli-
tude and phase. To correct for these effects is absolutely
essential when dealing with ultra-long-period seismic
signals.
Volcano seismology in a wider volcanological
context
Volcanogenic earthquakes have been the first signals to be
used to monitor and assess volcanic activity, and are today
still at the core of any volcano monitoring program. How-
ever, if combined with other observations and integrated
into wider conceptual and numerical volcanological
models, their potential as a forecasting tool increases even
further. In the following section, we give a few examples
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how volcanogenic earthquakes have been used to assess
several aspects of volcanic activity.

Estimation of magma ascent rate
A very exciting example from Montserrat has been
reported by Voight et al. (1998), where a radial tilt signal
recorded on Chances Peak, an old dome structure adjacent
to the active lava dome of Soufriere Hills volcano, corre-
lated perfectly with the cyclic occurrence of seismic
swarms. Neuberg et al. (2006) reinvestigated this correla-
tion and found that seismic activity, in this case, low-
frequency earthquake swarms, commences when the tilt
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signal goes through an inflection point (Figure 6). Further-
more, low-frequency seismicity ceases when the tilt signal
goes through a second turning point. The tilt, which is the
rotation of the volcano’s flank, is caused by a combination
of a pressure buildup in a shallowmagma reservoir and the
shear stress acting across the conduit wall by the motion of
viscous magma at shallow depth (Green et al., 2006).
Hence, the cyclic occurrence of LF swarms can be directly
related to the magma ascent rate: As the pressure in the
magma has reached a certain threshold, magma starts to
move causing low-frequency seismicity by either a stick-
slip motion (Iverson et al., 2006) or by magma rupture
(Neuberg et al., 2006). This causes the turning point in
the tilt behavior; however, the ground deformation (tilt)
still increases to its maximum where the magma ascent
rate peaks. At this point, the magma ascent slows down
as gas bubble diffusion cannot keep up with the pressure
drop, caused by the magmamovement. This can be clearly
seen in both the tilt signal and the seismicity rate depicted
in the inset of Figure 6. At the second turning point,
magma ascent rate has become so low or even stopped
completely that no further LF seismicity is produced. This
gives gas diffusion a chance to catch up, leading to
a renewed pressurization of the system again, and a new
cycle has started.

This example demonstrates how LF seismicity can be
interpreted following a conceptual model that allows to
estimate the changes in magma ascent rates on the base
of seismicity, even if no tilt signal is available. Using such
a model, Hammer and Neuberg (2009) found an accelerat-
ing seismicity rate in consecutive LF swarms on Montser-
rat – as a proxy for an accelerated magma ascent – which
led to a dome collapse in 1997.

Combining seismicity with infrasonic signals
A second example of a combined interpretation uses infra-
sonic acoustic signals with seismicity. The monitoring of
infrasonic signals on active volcanoes has become routine
in the last 10 years and turned out extremely helpful for
open volcanic systems.

See Johnson (2003) for an overview on infrasonic mon-
itoring techniques. Compared to seismic waves, infrasonic
signals are less affected by the medium (steam and air)
through which they propagate, and the relative timing
between the two types of signals can be used to dissect
a complex volcanic event such as a dome collapse, that
can last for several hours and exhibit distinct phases.
Green and Neuberg (2005) modeled a partial dome col-
lapse at Montserrat in 2004 and used the relative timing
between seismic and infrasonic pulses to separate several
distinct explosions during the collapse. Furthermore, they
identified a plume forming degassing event as the underly-
ing cause of the collapse. A further application of
a combined interpretation can be found in Ripepe et al.
(2002) where relative timing between infrasound and seis-
mic signal revealed the relative height of a magma column
on Stromboli volcano from where an explosion occurred.

Detection of lahars and pyroclastic flows
Pyroclastic flows, lava flows, and lahars often escape
direct visual observation, but the fast determination of
their location can be crucial in terms of risk mitigation.
As pointed out above, the seismic signals produced by
such events lack any clear seismic phase that could be
used for a classic travel-time-based location procedure.
Jolly et al. (2002) devised a method based on a relative
seismic amplitude estimation across a seismic monitoring
network, that allowed to follow the path of a flow in near
real-time. The basic idea is to determine the location of the
seismic surface source by assuming that the amplitudes of
the surface waves caused by the flow decay by the inverse
of the distance to a seismic station and by inelastic attenu-
ation. They performed a so-called grid search inversion
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across the volcanic edifice to locate the flow. Through this
technique, they were able to resolve fine details of the flow
propagation such as a “piling-effect” that occurred when
the front of the pyroclastic flow came to a halt while the
rest of the flow piled up behind it, causing the seismic
source travelling backup-hill!

On Piton de la Fournaise, a similar method is used to
detect the source of basaltic lava flows, which are respon-
sible for the generation of a tremor signal. In this way, the
observatory staff is able to inform the authorities in near
real-time about the source location of the lava flow.

Detecting stress changes in volcanic settings
Recent advances have made it possible to detect temporal
variations in properties of seismic signals that are caused
by stress changes in the medium that they penetrate. These
changes can be seen in directional variations of the wave
speed (also referred to as anisotropy), energy loss, and
seismic source parameters (fault plane solution) of vol-
cano-tectonic events.

Gerst and Savage (2004) detected a change in anisot-
ropy at Mt Ruapehu, New Zealand, which coincided with
the eruptive activity in 1995 and 1996. They interpreted
these changes to be caused by changes in the stress due
to magmatic activity that altered the orientation and vol-
ume of cracks in the volcanic edifice. Using newly devel-
oped noise correlation techniques, Brenguier et al. (2008)
observed at Piton de la Fournaise, La Reunion, similar
changes in seismic velocity caused by the pressurization
of the volcanic edifice due to ascending magma. Roman
et al. (2006) found systematic variations in the orientation
of the main pressure axis, which was derived from fault
plane solutions of volcano-tectonic events on Soufriere
Hills volcano on Montserrat. They identified distinct epi-
sodes in the eruptive history of Soufriere Hills volcano,
where the regional stress field was superimposed by local
stress perturbations that caused the pressure axis deter-
mined from VT fault plane solutions to swing around by
90�. Again, these stress changes were interpreted as
caused by ascending magma, and indeed, these episodes
preceded in some cases the restart of dome growth and
magma extrusion. While the methods mentioned in this
section do not necessarily utilize only volcanogenic earth-
quakes, they employ seismological tools to monitor the
stress perturbations caused by volcanic activity, and there-
fore, could lead to new methods of volcanic forecasting.

Summary and conclusions
Monitoring and interpretation of volcanogenic earth-
quakes are core tasks of any volcano observatory. The sep-
aration into different event types allows us to attribute
seismic activity to certain volcanic processes. While some
event types are directly caused by brittle failure during
magma ascent, or by extrusion of magma at the surface,
other seismic signals provide us with indirect evidence
of changes caused by the volcanic-magmatic system. Vol-
cano seismology emerged from classic earthquake seis-
mology as a separate discipline focusing on the special
character of seismo-volcanic source processes. This
development is ongoing, and classic seismic techniques
such as the determination of seismic moment tensors will
be applied in the future to the wider variety of seismo-
volcanic sources which can be significantly different from
usual earthquake sources acting on a single fault plane.
With the availability of seismic broadband sensors, vol-
cano seismology overlaps with high-frequency acoustic
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emissions on one side of the seismic spectrum and with
deformation signals on the low-frequency end. Multidis-
ciplinary approaches combining seismology with other
signals recorded on volcanoes will lead to more detailed
insights into volcanic processes.
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Definition
Electrical conduction. The movement of electrons or
electrically charged particles through a medium.
Electrolyte. Any substance containing free ions that make
the substance electrically conductive. The most typical
electrolyte is an ionic solution.
Fermi level. The highest energy of occupied states in
a solid at 0 K. The Fermi level in conductors lies in the
conduction band, in insulators it lies in the valence band,
and in semiconductors it falls in the gap between the con-
duction band and the valence band.
Stern layer. One of two electrically charged layers of elec-
trolyte ions; the layer of ions immediately adjacent to the
surface, and the layer in the neighborhood of a negatively
charged surface.
Introduction
The interpretation of electromagnetic data obtained from
the electromagnetic (EM) induction method requires
knowledge of electrical properties of rocks comprising
the Earth’s interior. The electrical properties of rocks are
widely used in electrical conductivity (resistivity) and
induced polarization methods to identify zones of ore
deposits and to probe the thermal and compositional struc-
ture of the Earth’s interior. For example, electrical resistiv-
ity measurements were first used in the 1960s to prospect
for sulfide ore deposits. Furthermore, the use of EM induc-
tion techniques to determine the electrical conductivity of
the crust and mantle can provide useful information
regarding the processes in the Earth’s interior independent
from seismological studies. This results from the fact that
electrical conductivity is sensitive to small amounts of
accessory phases, such as fluid, melt and metal in rocks,
and small amounts of hydrogen and ferric irons in
rock-forming minerals.

The bulk electrical properties of rocks depend on com-
plex combinations of various electrical components
consisting of solids (silicates, oxides, and metal), pores
filled with air or liquid, and interfaces between solids
and liquids. Thus, rocks are composites of a wide variety
of minerals occasionally containing fluids and molten
material. Since the 1960s, many studies have investigated
the electrical properties of rocks and rock-forming min-
erals as a function of frequency, temperature, pressure,
oxygen fugacity, water content, applied electric field,
and other variables. Recent developments of analytical
techniques and improvements in the resolution of electro-
magnetic observations have led to an increase in interest
with regard to the electrical properties of rocks at depth
within the Earth. The high pressures and temperatures
within the Earth’s interior are difficult to replicate in the
laboratory, but experimental results are required to predict
the electrical properties in these environments. Within the
last two decades, many efforts have been made to measure
physical properties of high-pressure phases to obtain
knowledge of temperature, composition, and water con-
tent in the Earth’s mantle. As a result, the maximum range
of pressure where the electric conductance can be mea-
sured currently covers the pressure conditions at the
core–mantle boundary (2,900 km depth).

Definition of electrical conductivity (resistivity)
When an electric potential difference V is applied across
a material, the electrical current I in the material is propor-
tional to the voltage across it according to Ohm’s law,
V= IR, where R is the electrical resistance, which depends
on the intrinsic resistivity r of the material and on the
geometry (length l and area A through which the current
passes):

R ¼ rl=A (1)

The electrical conductivity s is the inverse of the resistiv-

ity. The current density J can be expressed as J=E/r=Es.
Conductivity has one of the widest ranges for material
property, from 107 S/m (metals) to 10�20 S/m (good elec-
trical insulators). Semiconductors have conductivities in
the range of 10�6 to 104 S/m.

Electrical conduction
An electrolytic process can be considered as a dominant
mechanism for electron charge transport in shallower
crustal rocks, which contain pores and cracks filled with
electrolyte fluids. At high saturation conditions, conduc-
tion currents in electrolytes primarily arise from the flow
of ions in the electric field. The conductivity of an electro-
lyte is controlled by the solute concentration, ionic charge,
and other physical parameters, such as temperature and
pressure. Fluid saturated rocks contain interfaces between
the minerals and the fluid leading to surface conductivity,
which can be considered as an additional fluid electrical
conductivity in the vicinity of the charged surface. The
concentration of ions increases with increasing proximity
to the charged surfaces as a result of attractive electrostatic
forces, which are induced by the surface charge. This high
concentration layer is called the electrochemical double
layer (DL), and it is composed of the Stern layer in contact
with solids, and a diffusive layer in contact with fluids.
Higher concentrations of ions in the Stern layer lead to
higher conductivity. The significant influence of surface
conductivity on bulk electrical properties appears to be
the same for porous samples saturated with dilute electro-
lytes and low porosity samples where the thickness of the
DL is the same as the width of a crack. A mixed conduc-
tion process of electrolyte and surface conductivity is most
likely to appear in low saturation conditions.

As pressure and temperature increase, the electrical
conduction in rock-forming minerals is likely to control
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the bulk electrical conductivity of rocks. This is achieved
by a decrease in the effect of rock open space and interface
effects. Solids can be classified in terms of their conduc-
tivity as conductors, semiconductors, or insulators. The
classification for solid materials can be visualized in terms
of band theory, and is strongly correlated with the inter-
atomic spacing in the solid. The electron energy level in
a solid is often expressed in relation to the Fermi energy.
In metals, the electrons occupy states up to the Fermi level.
Conduction occurs by promoting electrons into the con-
duction band that starts at the Fermi level. The promotion
energy is negligibly small so that at any temperature, elec-
trons can be found in the conduction band. The number of
electrons participating in electrical conduction is
extremely low. In semiconductors and insulators, the
valence band is filled, and nomore electrons can be added,
following Pauli’s principle. In insulators, there is a large
energy gap between the valence and conduction bands,
so that a large quantity of energy is needed to promote
an electron to the conduction band. Semiconductors can
be divided into intrinsic or extrinsic conductors. Intrinsic
conduction means that electrical conductivity is pure,
and does not depend on impurities. In extrinsic semicon-
ductors, the conductivity depends on the concentration
of impurities. Electronic conduction through extrinsic
semiconductors takes place through electrons and electron
holes. The electrical conductivity of semiconductors can
be enhanced by doping to produce n (negative)-type or
p (positive)-type semiconductors.

Silicates and oxides usually are insulators at ordinary
temperatures. Since the large energy gap of an insulator
could be overcome by heat, the silicate minerals can
behave as a semiconductor at high temperatures
corresponding to conditions of the Earth’s interior. Mobil-
ity of lattice defects and a small amount of impurity, such
as hydrogen and ferric iron, enhances electrical conduc-
tion of silicate minerals at high temperatures. The conduc-
tivity of ionic-bonded crystals is proportional to the
number and mobility of charge carriers. It is known from
the Nernst–Einstein equation that electrical conductivity
s depends on the number N of electric charge carriers
per unit volume:

s ¼ Nzem (2)

where z is the charge number, e is the charge of electron
and m is mobility.

The dependence of conductivity on temperature is sim-
ilar to other thermally activated processes:

s ¼ A expð�DH=2kTÞ (3)

where A is a pre-exponential constant, DH is an activation
enthalpy, k is the Boltzmann constant and T is the absolute
temperature. Plotting log normal s versus reciprocal tem-
perature (1/T ) produces a straight-line slope (H/2 k) from
which the band gap energy can be determined. In addition
to this dependence, extrinsic semiconductors rely on the
thermal promotion of electrons from donor levels or holes
to acceptor levels. The dependence on temperature also is
exponential, but it eventually saturates at high tempera-
tures, where all the donors are emptied or all the acceptors
are filled. This means that at low temperatures, extrinsic
semiconductors have higher conductivities than intrinsic
semiconductors. At high temperatures, both impurity
levels and valence electrons are ionized, but since the
impurities are very low in number and they are exhausted,
eventually the behavior is dominated by the intrinsic type
of conductivity. The activation enthalpy (H ) also can be
defined as a function of pressure (P) as follows:

DH ¼ DE þ PDV (4)

where DE is the activation energy and DV is the activation
volume.

Ionic (intrinsic) conduction can occur at high tempera-
tures through the creation of cation vacancies. In the ferro-
magnesian mantle minerals (silicates and oxides), the
charge carriers are generally vacancies in magnesium sites.
The activation enthalpy of ionic conduction usually is
higher than 2 eV. For this reason, extremely high tempera-
tures are needed to observe the ionic conduction. Proton
conduction is a type of ionic conduction. Because the pro-
ton is an extremely small ion, but massive compared with
an electron, the proton is the only ion which is expected
to be highly mobile in solids. The energy barrier for the
transportation of charge carriers for proton conduction is
relatively low because of its small bonding energy and
small ionic radius. The activation enthalpy of proton con-
duction usually is less than 1 eV, and tends to decrease with
an increasing number of hydrogen atoms inminerals at very
low concentrations. The proton conduction is a dominant
conduction mechanism at low temperatures.

The most dominant conduction mechanism for the fer-
romagnesian minerals, such as olivine, is hopping (small
polaron) conduction. Hopping conduction occurs through
charge transfer between neighboring ions of different
valences. A ferrous ion (Fe2+) generally substitutes an Mg
ion in an Mg site. However, a certain proportion of ferric
ions, which have an electron hole, depend on oxygen
fugacity, temperature, pressure, and crystal structure.
Transfer of an electron hole between ferrous and ferric
iron sites carries an electric charge, which is the hopping
conduction. If only electron holes migrate in crystals, the
energy barriers for the migration would be low. However,
presence of an electric hole significantly affects the local
structure of the ionic crystals. The presence of ferric iron
generates an extra positive charge, which repulses cations
and attracts anions. This complex of the local strains
is called “small polaron.” The migration of electron
holes is associated with migration of small polarons.
A relatively large activation enthalpy is needed to move
a small polaron. The hopping conduction of common
ferromagnesian silicates has relatively large activation
enthalpy (>1 eV). The activation enthalpy for hopping
conduction decreases with increasing iron concentration.
The conductivity of ferromagnesian minerals also is
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controlled by the oxidation state of iron. Avariation of the
oxygen fugacity from an oxidizing to a reducing environ-
ment decreases the conductivity, due to the reduction of
Fe3+ to Fe2+. Moreover, at the same oxygen buffer, the
conductivity tends to increase with increasing iron content
in minerals.

Dielectric behavior
A dielectric is an electrical insulator that can be made to
exhibit an electric dipole structure. When a dielectric is
placed in an electric field, electric charges do not flow
through the material, but only slightly shift from their
average equilibrium positions, causing dielectric polariza-
tion. In this instant, positive charges are displaced along
the field and negative charges shift in the opposite direc-
tion. This creates an internal electric field, which partly
compensates the external field inside the dielectric. The
term dielectric is commonly used for the electrically insu-
lating material between the metallic plates of a capacitor.
When two parallel plates of area A, separated by a small
distance l, are charged by +Q, –Q, an electric field
develops between the plates:

E ¼ Q=Aee0 (5)

where e0 is called the vacuum permittivity and e the rela-
tive permittivity, or dielectric constant (e = 1 for vacuum).
In terms of the voltage between the plates, V =El =Q/C.
The constant C=Aee0/l is called the capacitance of the
plates.

Polarization of dielectric materials in an electric field
can be categorized by three types: electronic, ionic, and
orientation polarizations. Since electrons have much
smaller mass than ions, they respond more rapidly to
a changing electric field. For electric fields that oscillate
at very high frequencies, electronic polarization can occur.
At smaller frequencies, the relative displacement of posi-
tive and negative ions also can take place. Orientation of
permanent dipoles, which require the rotation of
a molecule, can occur only if the oscillation is relatively
slow (MHz range or slower). The time needed by the spe-
cific polarization to take place is called the relaxation time.

Most rock-forming minerals have characteristics of
capacitors requiring dielectrics of high e that can function
at high frequencies (small relaxation times). Some ore
minerals are ferroelectric minerals exhibiting permanent
polarization in the absence of an electric field. This is
due to the asymmetric location of positive and negative
charges within the unit cell. Two possible arrangements
of this asymmetry result in two distinct polarizations. In
a piezoelectric material, like quartz, an applied mechanical
stress causes electric polarization by the relative displace-
ment of anions and cations.

Impedance spectroscopy
Electrical properties of rocks have strong frequency depen-
dence. Impedance spectroscopy (IS) is a very useful and
versatile electrochemical tool to characterize electrical
properties of any material and its interfaces. The basis of
IS is the analysis of the impedance (resistance of alternating
current) of the observed system with regard to the applied
frequency and exciting signal. This analysis provides quan-
titative information about the conductance, the dielectric
coefficient, the static properties of the interfaces of
a system, and its dynamic change due to adsorption or
charge-transfer phenomena. IS usually uses alternating cur-
rent with low amplitude, and measurements can be made
with cells with two electrodes on the sample faces.

A common way to describe the complex impedance is
to use the R (resistor)–C (capacitor) circuit elements in
series and parallel, indicating a relaxation process. When
the system has a distribution of relaxation time differing
in time constants, the system represents a combination of
R–C circuits (Cole and Cole, 1941). The R–C parallel cir-
cuit generally has been used to determine the electrical
conductivity of minerals, based on the assumption that
the system has a single relaxation process. In the complex
impedance plane, the magnitude and direction of a planar
vector can be defined by an impedance:

ZðoÞ ¼ Z 0 þ jZ 00 (6)

where Z(o) is impedance as a function of frequency for
alternating current, and Z0 and Z00 are real and imaginary
parts of impedance, respectively. The phase angle (y) in
a complex impedance plane can be obtained from
y = tan�1(Z00/Z0). When the phase angle is 0�, the sample
resistance for the R–C parallel circuit equals the real part
of impedance.

Various frequency dispersive polarization processes
should be accounted for in mixed media, such as rocks.
Roberts and Tyburczy (1991) observed three impedance
arcs in the complex impedance plane from the
frequency-dependent electrical measurements (10�4 to
104 Hz) of polycrystalline olivine compacts at atmo-
spheric pressure. The authors interpreted these impedance
arcs as grain interior (first arc), grain boundary (second
arc) and electrode reaction mechanism (third arc) from
high to low frequency, respectively. At high pressures,
pores, cracks, or grain boundaries in a sample are tightly
closed. Under these conditions, the conduction along
grain boundaries disappears in the impedance spectra. If
electrodes reacted with a sample, the electrode reaction
part may appear on the lower frequency side. The next step
is to consider the complex impedance spectra for the sys-
tem with a fluid/melt phase. In the absence of an
interconnected fluid/melt, the impedance spectra contain
three components similar to the polycrystalline process.
If an interconnected fluid/melt phase does exist, it forms
an electrical pathway in parallel with the solid matrix.
The resultant impedance spectra show only the single arc
if the electrode reaction is negligible.

Electrical conductivity of liquid-bearing rocks
The effective conductivity of liquid-bearing rocks is very
sensitive to the pore geometry in rocks. The enormous
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contrast in conductivity between silicates and liquids
implies that electrical currents flow almost totally through
the pore liquid within rocks. Archie (1942) proposed an
empirical equation that relates the bulk conductivity sr to
the conductivity of a pore saturating fluid sf. The rocks
were assumed to exhibit interconnected porosity, and no
disturbance due to the presence of reactive minerals was
considered. The ratio sf /sr is known as the formation fac-
tor F. Archie’s law forms the basis for resistivity log
interpretation:

F ¼ sf
sr

¼ Cf�n; (7)

where C and n are constants. Archie’s law is not
a geometrical model. There are various theoretical models
for estimating the bulk conductivity of liquid-bearing
rocks from the conductivity of liquid and solid phases.
A frequently used model to predict the maximum effective
bulk conductivity of an interconnected two-phase mixture
is the Hashin and Shtrikman (HS) upper bound (Hashin
and Shtrikman, 1962). This upper bound is representative
for liquid phases distributed along grain boundaries and
filling triple junctions of spherical grains. The opposite
case representing isolated spheres of liquids in solid grains
is known as the HS lower bound.
Electrical conductivity of crustal rocks
The shallower zone of the upper crust consists of
a sequence of sedimentary rocks along with fractured
crystalline rocks. Because these rocks contain pores and
cracks that are filled with fluid electrolytes, they are mod-
erately good conductors of electricity. As well as electro-
lyte conductivity, surface conductivity caused by
electrochemical reactions between the fluid electrolyte
and the mineral surface contribute additionally to the bulk
conductivity. This zone has conductivities varying from
about 10�0.5 S/m in recent sediments to 10�3 S/m or more
in weathered crystalline rocks. As pressure increases, the
rock conductivity decreases due to the reduction of poros-
ity. Remarkable changes in electrical properties often
occur at mid-crustal depths, probably caused by the devel-
opment of incipient fractures. If the fractures are filled
with fluid electrolytes, electrical conductivity would
largely be enhanced compared to the surrounding dry
crystalline rocks. Secular changes in electrical conductiv-
ity might be used in predicting earthquakes (Varotsos and
Alexopoulos, 1984).

Lower crustal rocks mainly consist of crystalline igne-
ous or metamorphic rocks, which are thought to be much
denser, and which have little pore space for water collec-
tion. Since the main rock-forming minerals are highly
insulating at crustal temperatures, electrical conductivity
in such rocks should be expected to have lower values
than the upper crust. However, magnetotelluric (MT)
and deep geomagnetic soundings (GDS) have revealed
an unexpectedly high conductivity anomaly in the lower
crust (Shankland and Ander, 1983). A very small portion
of well-conducting material may cause enhanced conduc-
tivity of the whole rock mass, provided that the material
fills interconnected pore space, or covers grain surfaces.
To generate a conductive layer, an indispensable intercon-
nectivity of the well-conducting phase must be established
and maintained over large distances under deep crustal
conditions.

There are two popular candidates (water and graphite)
to explain the high conductivity anomaly. Geophysicists
traditionally have considered aqueous fluids as the likely
origin of this anomaly (Hyndman and Hyndman, 1968).
This is because in active tectonic environments, aqueous
fluid can be supplied via metamorphic dehydration, igne-
ous activity, and introduction of fluids derived from dehy-
dration of subducting plates. However, in stable craton,
fluids would be gravitationally driven but also would be
able to gain access only to the upper 10 km or so of the
crust. Below this depth the crust would be “dry.” The dis-
covery of grain-boundary films on minerals in high-grade
rocks (Frost et al., 1989) has led to a very reasonable alter-
native to aqueous fluids as a cause for conductivity anom-
alies. Duba and Shankland (1982) used the upper bound
formula to calculate the absolute amount of well-ordered
graphite required to enhance the conductivity of dry rocks.
They found that a volume fraction of carbon of only
5� 10�6% could cause a conductivity of 0.1 S/m, if well
interconnected. However, high wetting angles of CO2-
quartz systems cannot establish along grain boundaries
to form a connecting graphite film upon reduction with
CO2. Although both water and graphite can produce high
conducting layers at deeper levels of the crust, any a priori
preference for only one of them appears inadequate in
view of the great and obvious diversities of geological
situations.
Electrical conductivity of mantle rocks
Upper mantle
Upper mantle rocks are composed of olivine, ortho-
pyroxene, clinopyroxene, and aluminous phases, such as
plagiocase, spinel, and garnet. These variations in mineral
proprtion are dependent on pressure. Olivine is the most
abundant mineral in the upper mantle, extending to
410 km depth. Elecrical conduction behavior of dry oliv-
ine shows weak anisotropy (a factor of 2–3), oxygen
fugacity dependence, and a change of conduction mecha-
nism from hopping (small polaron) to ionic conduction at
high temperatures. The conductivity data of mantle peri-
dotites are not significantly different from measurements
made on olivine single crystals and polycrystals, even
though the rocks contain large amounts of pyroxene
(Duba and Constable, 1993). The conductivity values of
olivine at high temperatures corresponding to the upper
mantle condition usually are consistent with those
obtained from electromagnetic observations.

The conductivity of the high-conductive layer at the top
of the asthenosphere (60–100 km depth for oceanic plates)
is too high to be explained by the conductivity of ordinary
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anhydrous olivine. One possibility is that partial melting
occurs in this region, and the melt forms an anisotropic,
interconnected conductive path in the partially molten
peridotites. Another possibility is that olivine in the region
contains considerable amounts of hydrogen inside crystal
structures, and thus electrical conductivity is substantially
elevated by proton conduction (Karato, 1990). Wang et al.
(2006) reported large effects of water on electrical conduc-
tivity of olivine, and concluded that 10�2 wt.% water is
enough to explain the high conductivity anomaly of oce-
anic asthenosphere. On the other hand, Yoshino et al.
(2006) reported that the electrical conductivity of single
crystal hydrous olivine is nearly isotropic and distinctly
lower than the observed conductivity. Thus, hydration of
olivine cannot account for the geophysical observations,
which instead may be explained by the presence of partial
melt with basaltic composition elongated in the direction
of plate motion. Because electrical conductivities of mol-
ten carbonates are three orders of magnitude higher than
those of molten silicate and five orders of magnitude
higher than those of hydrated olivine, high conductivities
in the asthenosphere may be explained by the presence
of very small amounts of carbonate melt in peridotite
(Gaillard et al., 2008).
Mantle transition zone
Wadsleyite and ringwoodite, which are high-pressure
polymorphs of olivine, are the main constituent minerals
in themantle transition zone (410–660 kmdepth). Xu et al.
(1998a) reported that electrical conductivities of
wadsleyite and ringwoodite are similar, and two orders
of magnitude higher than that of olivine. The laboratory-
based model obtained from previous studies showed
a single large conductivity jump at the 410 km
discontinuity. However, recent electromagnetic observa-
tions (Kelbert et al., 2009) did not show such a distinct
conductivity jump at this depth. In addition, their conduc-
tivity values are too high to explain the conductivity–
depth profiles in the transition zone obtained by the
semi-global electromagnetic induction studies (Shimizu
et al., 2010). This inconsistency would be caused by
a significant amount of water in their samples.

The Earth’s mantle transition zone also has been con-
sidered as a large water storage area because wadsleyite
and ringwoodite can aquire significant amounts of water
in their crystal structures. Therefore, the effect of water
on electrical conductivity was investigated to determine
the water content in this region. Huang et al. (2005) were
the first to report water content dependence on electrical
conductivity of their minerals, but without separation
of the effect of hopping conduction, and estimated
0.1–0.2 wt.% water in the mantle transition zone. Later,
Yoshino et al. (2008a) distinguished hopping and proton
conductions of their minerals and showed that contribu-
tion of proton conduction becomes smaller at higher
temperatures. They demonstrated that three moderate
conductivity jumps – at the 410 km depth for the olivine–
wadsleyite transition, 520 km for the wadsleyite–
ringwoodite transition, and 660 km for the post-spinel
transition – are consistent with those obtained from elec-
tromagnetic observations, even if the minerals are dry.

Lower mantle
The lower mantle extends from 660 to 2,890 km depth
(24–136 GPa), and is mainly composed of Mg-rich
silicate perovksite (Mg-Pv) and ferropericlase (FP), with
a small amount of Ca perovskite. Mg-Pv is thought to be
the major phase in the Earth’s lower mantle, and is
assumed to store much of the aluminum and iron of the
lower mantle. Mg-Pv is likely to control the bulk rock con-
ductivity of the lower mantle (Yoshino et al., 2008b). Con-
ductivity measurements of Mg-Pv at the conditions of the
uppermost lower mantle show slightly higher conductivity
and lower activation enthalpies than ringwoodite. If Mg-
Pv contains significant amounts of Al2O3, the electrical
conductivity is higher than that of aluminum-free perov-
skite (Xu et al., 1998b). The conduction mechanism in
Mg-Pv changes from hopping conduction to ionic
condution with increasing temperature. Last decade, two
important discoveries in the lower mantle provided new
insights to interpret lower mantle structure. One is the dis-
covery of post-perovskite, and the other is the discovery of
iron spin transition (Murakami et al., 2004; Badro et al.,
2003). The transition pressure of MgSiO3 perovskite to
post-perovskite (125 GPa) is consistent with the depth of
the velocity increase at the D00 seismic discontinuity
(2,700 km depth). Only one conductivity measurement
of silicate post-perovskite showed extremely high conduc-
tivity (>102 S/m) in comparison with that of silicate
perovskite, as well as almost no temperature dependence
under the conditions of the D00 layer (Ohta et al., 2008).
Electrical conductivity of Mg-Pv and FP decreases with
increasing pressure due to the high-spin to low-spin transi-
tion of iron in these minerals.

Electrical structure of the Earth’s mantle
Electrical conductivity of mantle rocks tends to be similar
to that of the most dominant phases, unless small amounts
of conductive phases establish interconnection. The main
mantle constituent minerals with higher-pressure stability
fields generally have higher conductivity. A phase trans-
formation affects electrical properties due to a change in
atomic arrangement (crystal structure), as well as the
nature of chemical bonding. Phase transitions would yield
the conductivity jumps at certain depths where seismic
velocity suddenly changes. Thus, electrical conductivity
measurements of the main mantle minerals to depths of
up to the core–mantle boundary indicate that the Earth’s
mantle is zoned electrically. This tendency can well
explain the geophysically observed electrical conductivity
structure in the mantle.

Conductivity generally increases with increasing depth
up to the top of the lower mantle, from 10–3–10–2 to
1 S/m. This increase is considered to represent both the
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semiconductive behavior of the constituent minerals at
high temperatures because mantle temperature adiabati-
cally increases with depth, and also pressure-induced
phase transformations of dominant mantle minerals. The
high conductivity anomaly in the mantle would be caused
by a thermal anomaly, relatively high concentrations of
water and iron in mantle minerals, or presence of partial
melt. Local variations of electrical conductivity are large
at shallow depths, and become smaller with increasing
depth. In the lower mantle, there is no phase transition
down to the D00 seismic discontinuity. Because activation
enthalpy for small polaron and ionic conductions is
smaller for mantle minerals with higher-pressure stability
fields, temperature dependence decreases as pressure
increases. For this reason, a uniform electrical conductiv-
ity is expected to exist in the lower mantle. However, the
high to low spin transition of iron in silicate perovskite,
discovered recently would yield lower conductivity in
the deeper part of the lower mantle. On the other hand,
the D00 layer composed of post-perovskite might be an
abnormal highly conductive layer. Thus, there should be
huge conductivity jump at the D00 discontinuity.
Crust (0~50 km)

Porous sediment

Dry crystalline rock

1 vol.% saline fluid

Graphite film
(100 nm thick)

Olivine (<410 km)

Basaltic melt

Carbonatite melt

Wadsleyite (410–520 km)

Ringwoodite (520–660 km)

High spin

Low spin (> 2,000 km)

Post-perovskite (2,700–2,900 km)

Mg# 80 Mg# 9
Ferropericlase (660–2,900 km)

Mg-perovskite (660–2,700 km)

Lower mantle

Hydrous olivine

Upper mantle

Less porous sediment

2 1

Electrical Properties of Rocks, Figure 1 Range of electrical conduc
corresponding temperature conditions.
Conclusions
The electrical conductivity of rocks within the Earth
shows an ultimate variation that exceeds eight orders of
magnitude (Figure 1). The electrical conductivity mea-
surements of rocks as a function of temperature, pressure,
oxygen fugacity, and impurity concentrations can con-
strain thermal and compositional structure in the solid
Earth. At shallower depths, electrolytes filled with cracks
or grain boundaries control the conductivity of rocks,
whereas the conductivity of the mantle rocks is mainly
controlled by semiconductive behavior of the constituent
minerals. In the last 2 decades, development of measure-
ment techniques for electrical properties of rocks and min-
erals under high pressure and high temperature conditions
has improved our understanding of the electrical structure
of the Earth’s deep interior up to the core–mantle bound-
ary. Although some discrepancies of data among laborato-
ries have remained due to the difficulty of the electrical
conductivity measurement at high pressures, it is not
doubtful that the Earth’s mantle is electrically zoned, and
the conductivity generally increases with depth. Further
improvement of experimental techniques will provide us
0

H2O

H2O

0.1 vol.%

1 vol. %

0 –1

logσ (S/m)
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tivity of representative Earth’s constituent materials at the
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accurate reference conductivity–depth model up to depth
of the core–mantle boundary and more detailed knowl-
edge of chemical composition and thermal distribution in
the present Earth’s interior by comparison with the results
of the electromagnetic surveys.
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Definition
Electrical survey. Mapping the subsurface resistivity by
injecting an electric current into the ground.
Electrode. Commonly a metal rod through which current
is injected into the ground, or is used to measure the
induced voltage on the ground surface.
Least-squares resistivity inversion. Finding the subsurface
resistivity model that minimizes the sum of squares of the
differences between the measured and calculated apparent
resistivity values.

Introduction
Electrical resistivity surveys map the subsurface structure
by making electrical measurements near the ground sur-
face. An electric current is injected into the ground
through two electrodes and the voltage difference is mea-
sured between two other electrodes (Figure 1a). The
true subsurface resistivity can be estimated by making
the measurements of potential difference at different posi-
tions of the current and potential electrodes, converting
these values into apparent resistivity and then inverting
the data set. The ground resistivity is related to various
geological parameters such as the mineral and fluid
content, porosity, and degree of water saturation in the
rock (see Electrical Properties of Rocks). Over the past
20 years, the resistivity method has undergone rapid
developments in the instrumentation, field survey
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techniques, and data interpretation. It has now become one
of the standard geophysical exploration techniques widely
used in environmental, engineering, hydrogeological, and
mining investigations.

The basic data from a resistivity survey are the posi-
tions of the current and potential electrodes, the current
(I) injected into the ground and the resulting voltage dif-
ference (DV ) between the potential electrodes
(Figure 1a). The current and voltage measurements are
then converted into apparent resistivity (ra) by using the
following formula

ra ¼ k
DV
I

; (1)

where k is the geometric factor that depends on the config-
uration of the current and potential electrodes (Koefoed,
1979). Over the years, various electrode configurations
(or arrays) have been developed. Figure 1 shows the
arrangements for some commonly used arrays.
A discussion on the merits of the different arrays is given
by Dahlin and Zhou (2004). Determining the true subsur-
face resistivity from the apparent resistivity values is the
data inversion problem.

Traditional profiling and sounding surveys
The resistivity survey method has its origin in the 1920s
due to the work of the Schlumberger brothers. Tradition-
ally resistivity surveys were divided into profiling and
sounding surveys. The distances between the electrodes
are kept fixed in a profiling survey, such as in the Wenner
survey (Figure 1a), and the four electrodes are moved
along the survey line. The data interpretation for profiling
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factors. The current is injected into the ground through the C1 and
the P1 and P2 electrodes. For the arrays with less than four electrod
distances so that they do not affect the measurements.
surveys was mainly qualitative. The second type of survey
is the vertical sounding method, such as the Schlumberger
survey (Figure 1b), where the center point of the elec-
trodes array remains fixed but the spacing between the
electrodes is increased to obtain information about the
deeper sections of the subsurface. The Schlumberger array
is usually used for sounding surveys. Apparent resistivity
plotted as a function of the current electrode spacing gives
information about the subsurface resistivity variations.
A sample sounding curve is shown in Figure 2.

Quantitative data interpretation for sounding surveys
uses a one-dimensional (1-D) earth model with a series
of horizontal layers (Figure 3a). A major advance in auto-
matic data modeling was made in the 1970s with the
development of the linear filter method (Ghosh, 1971) that
greatly reduced the computer time required to calculate the
apparent resistivity values. This made it practical to carry
out automatic inversion of resistivity-sounding data even
on relatively slow early microcomputers (Koefoed,
1979). One commonly used method for 1-D data inversion
is the damped least-squares method (see Inverse Theory,
Linear) (Inman, 1975) that is based on the following
equation

JTJþ lI
� �

Dq ¼ JTDg; (2)

where the discrepancy vector Dg contains the difference
between the logarithms of the measured and the calculated
apparent resistivity values and Dq is a vector consisting of
the deviation of the estimated model parameters from the
true model. Here, the model parameters are the logarithms
of the resistivity and thickness of the model layers. J is the
Jacobian matrix of partial derivatives of apparent
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ommon arrays used in resistivity surveys and their geometric
C2 electrodes while the voltage difference is measured between
es, the remaining electrodes are placed at sufficiently large
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resistivity with respect to the model parameters. l is
a damping or regularization factor (Marquardt, 1963) that
stabilizes the ill-condition Jacobianmatrix usually encoun-
tered for geophysical problems (see Inverse Theory, Singu-
lar Value Decomposition). Starting from an initial model
(such as a homogeneous earth model), this method itera-
tively refines the model so as to reduce the data misfit to
a desired level (usually less than 5%). Figure 2 also shows
an example of a 1-D interpretation model.

The resistivity sounding method has been used for
many years, particularly in groundwater exploration. It
gives useful results for geological situations (such as the
water-table) where the 1-D model is approximately true.
The greatest limitation of this method is that it does not
take into account lateral changes in the subsurface resistiv-
ity. Such changes are probably the rule rather than the
exception. The failure to include the effect of lateral
changes can result in errors in the interpreted resistivity
and thickness of the layers. The offset Wenner method
was introduced by Barker (1978) to reduce the effect of
lateral variations on the sounding data. However, to obtain
a more accurate picture of the subsurface resistivity distri-
bution, a two-dimensional (2-D) survey and interpretation
model is required.
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Two-dimensional resistivity imaging surveys
In recent years, development of the multielectrode resis-
tivity meter system (see Instrumentation, Electrical
Resistivity) has made 2-D surveys a practical tool for
mapping moderately complex geological environments.
The apparent resistivity measurements from the survey
are commonly plotted in the form of a pseudosection
(Figure 4a). The horizontal position of a data point is the
average of the locations of the electrodes in the array used
to make the measurement. The vertical position of
the plotting point is commonly set at the median depth
of investigation (Edwards, 1977) of the array. The
pseudosection is a useful method to present the data in
a pictorial form and as an initial guide for further quantita-
tive interpretation. One useful practical application of the
pseudosection is in identifying bad apparent resistivity
measurements that usually appear as points with unusually
high or low values. The pseudosection gives a distorted
picture of the subsurface because the shapes of the con-
tours depend on the type of array used as well as the true
subsurface resistivity. Figure 4a shows an example of
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(Wenner array). (b) The actual structure with a high resistivity block
showing the arrangement of the model cells.
a Wenner-array pseudosection where the real structure is
a rectangular block model (Figure 4b) in a homogenous
medium. An inversion of the data set using a 2-D model
is necessary to obtain an accurate picture of the subsurface
resistivity.

A 2-D model that consists of a large number of rectan-
gular cells is commonly used to interpret the data (Loke
and Barker, 1996a). Figure 4c shows an example of
a 2-D model where the distribution of the data points in
the pseudosection is used as a guide in setting the arrange-
ment of the model cells. The resistivity of the cells is
allowed to vary in the vertical and the horizontal direction,
but the size and position of the cells are fixed. An inver-
sion scheme is used to determine the resistivity of the cells
that will produce a response that agrees with the measured
values. The finite-difference (see Numerical Methods,
Finite Difference) or finite-element method (seeNumerical
Methods, Finite Element) is used to calculate the apparent
resistivity values for the 2-D model. A non-linear opti-
mization method is then used to automatically change the
resistivity of the model cells to minimize the difference
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) Example of an apparent resistivity pseudosection
in a homogenous medium. (c) Example of a 2-D model
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between the measured and calculated apparent resistivity
values. The inversion problem is frequently ill-posed
due to incomplete, inconsistent and noisy data. Smooth-
ness or other constraints (e.g., in Equation 2) are usually
incorporated to stabilize the inversion procedure such
that numerical artifacts are avoided. As an example, the
y (
m)

x (m)

N

N

z (m)

a

b

Electrical Resistivity Surveys and Data Interpretation, Figure 6 (a
Suffolk (Aerial Photography © UKP/Getmapping License No. UKP 2
annotation and borehole logs. The target of the survey is the Ingha
available in Chambers et al. (2007). Reproduced with permission of
following equation includes a model smoothness con-
straint to the least-squares optimization method,

JTJþ lF
� �

Dqk ¼ JTDgk � lFqk�1;where

F ¼ axCT
xCx þ azCT

z Cz:
(3)
3D geological model area

Borehole

Resistivity (Ωm)

y (
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19 38 76 151 301 600 1064
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) Map showing the survey grid of the BGS survey at Ingham,
010/01). (b) 3-D resistivity inversion model with cut-outs,
m sand and gravel (ISG) deposits. Details on the boreholes are
the British Geological Survey and Tarmac Ltd.
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Here, C and C are the roughness filter matrices in the
x z
horizontal (x) and vertical (z) directions, and ax and az are
the respective relative weights of the roughness filters.
k represents the iteration number. One common form of
the roughness filter is the first-order difference matrix
(deGroot-Hedlin and Constable, 1990), but the elements
of the matrices can be modified to introduce other desired
characteristics into the inversion model (Pellerin and
Wannamaker, 2005; Farquharson, 2008). The method
can also be modified to produce “blocky” models for
regions that are piecewise constant and separated by sharp
boundaries (Loke et al., 2003). The laterally constrained
inversion method (Auken and Christiansen, 2004) that
includes sharp boundaries has been successfully used in
areas with a layered subsurface structure. A number of
microcomputer based software is now available that can
automatically carry out the inversion of a 2-D survey data
set in seconds.

Figure 5a shows an example of a measured apparent
resistivity pseudosection from a groundwater survey
(Acworth, 1987) using the Wenner array. The resistivity
model after inversion and the calculated apparent resistiv-
ity pseudosection for this model are shown in Figure 5c
and 5b, respectively. The model obtained after inversion
has a prominent low resistivity fracture zone in the bed-
rock (approximately between the 180 and 230 m marks
and below a depth of 20 m). A borehole that was placed
at the 175 m mark had yields that were lower than
expected, possibly because it lies at the edge of the frac-
ture zone. The placement of the well was partly based on
EM profiling data. The shallow low resistivity anomaly
with values of less than 40 O�m in the overburden had
probably shifted the EM anomaly to the left of the fracture
zone.
Three-dimensional resistivity imaging surveys
Since all geological structures are three-dimensional (3-D)
in nature, a 3-D resistivity survey and interpretation model
(Figure 3c) should give the most accurate results.
Although it has not reached the same level of usage as
2-D surveys, it is now more widely used in very complex
areas such as in many environmental (Dahlin et al., 2002;
Chambers et al., 2006; Rucker et al., 2010) and mineral
(White et al., 2001; Bingham et al., 2006) exploration sur-
veys. Much of the early 3-D surveys used the pole-pole
array over relatively small grids (up to about 20 by 20
electrodes) with measurements in different directions
(Park and Van, 1991; Li and Oldenburg, 1992). The use
of other arrays, such as the pole-dipole and Wenner–
Schlumberger, is now becoming more common in 3-D
surveys that involve thousands of electrode positions
(White et al., 2001; Chambers et al., 2006). A true 3-D
survey requires placing of electrodes in the form of a
2-D grid. However, a cost-effective strategy is usually
followed wherein 3-D data sets are collated from indepen-
dent parallel 2-D survey lines with possibly a few
crosslines. This strategy greatly reduces the cost of a 3-D
survey and also allows for 2-D inversions of each individ-
ual line. The data interpretation techniques used for 2-D
surveys can be extended to 3-D surveys (Loke and Barker,
1996b). Fast computer software that takes minutes to
hours to invert a 3-D data set (depending on the size of
the data set) on multicore PCs is now available (Rucker
et al., 2010). Other non-linear optimization methods such
as neural networks, simulated annealing and conjugate
gradient techniques have also been used for resistivity data
inversion (Pellerin and Wannamaker, 2005).

Figure 6 shows an example of such a 3-D survey at
Ingham, Suffolk by the British Geological Survey
(Chambers et al., 2007) to map sand and gravel deposits.
Most of the survey lines are in an approximately east–west
direction with a few crosslines near the edges (Figure 6a).
The area has a fairly complex geology with Chalk bedrock
overlain by the fluvial Ingham sand and gravel, glacial
sand, and clayey till (Figure 6b). The till has the lowest
resistivity values of below 50 O�m while the sand and
gravel is generally between 100 to 1,000 O�m. The Chalk
shows a distinct increase of resistivity with depth due to
weathering.

The data inversion methods have been adapted for other
types of surveys such as induced polarization (IP) surveys
(White et al., 2001), measurements across boreholes
(Wilkinson et al., 2008), surveys in water covered
areas (Loke and Lane, 2005), and for cylindrical geome-
tries (Chambers et al., 2003; al Hagrey et al., 2004). The
least-squares optimization method has also been modified
for time-lapse surveys so as to minimize temporal changes
in the model resistivity values (Loke, 2001; Kim et al.,
2009).

Summary
The electrical resistivity surveymethod has undergone tre-
mendous changes over the past 20 years. While traditional
resistivity profiling and sounding surveys are still widely
used, 2-D imaging survey is now the method of choice
for most areas as this can accurately map moderately com-
plex structures. The field equipment and computer inter-
pretation software are widely available. 3-D surveys now
play an increasingly important role in very complex areas.
In many cases the 3-D data set is collated from a series of
parallel 2-D survey lines to reduce the survey cost.
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Definition
eGY. Electronic Geophysical Year. An international sci-
ence year (2007–2008) celebrating the IGY+50 anniver-
sary that focused on increasing access to scientific data
and information for all people.

Introduction and concept
Sharing scientific data and information for the common
good has long been at the heart of good scientific practice.
For the geosciences, this culminated in the outstandingly
successful International Geophysical Year, 1957–1958
(IGY). During IGY, in addition to the initiation of much
new research, scientists and member countries worked
together to emplace a large number of geophysical obser-
vatories around the globe, and establish a network of
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World Data Centers for archiving data and for making data
available without restrictions.

The Electronic Geophysical Year, 2007–2008 (eGY),
was conceived in the conviction that the benefits of this
“Information Commons” are even greater today than they
were 50 years ago. Modern information and communica-
tions technologies endow us with capabilities for sharing
data and information that are unprecedented, provide
impressive and timely opportunities for Earth and space
science, and require international coordination to avoid
replication of effort and a multiplicity of standards.

The eGY VISION. We can achieve a major step forward in
Earth and space science capability, knowledge, and usage
throughout the world for the benefit of humanity by acceler-
ating the adoption of modern, visionary practices for manag-
ing and sharing data and information.
History
In 1999, the International Union of Geodesy and Geo-
physics (IUGG) called on its Scientific Associations to
propose activities to mark the 50-year anniversary of
IGY. The International Association of Geomagnetism
and Aeronomy (IAGA) responded through a resolution
passed at the IUGG General Assembly in Sapporo in
2003 to lead an Electronic Geophysical Year.

eGY began on July 1, 2007 and ended on December 31,
2008, exactly 50 years after the start and end of IGY. Sup-
port for eGY came from IAGA, IUGG, NASA, the United
States National Science Foundation, United States Geo-
logical Survey, and the Laboratory for Atmospheric and
Space Physics (LASP) of the University of Colorado.
In-kind contributions came from the American Geophysi-
cal Union (AGU), the National Centre for Atmospheric
Research in Boulder, and the volunteer labor of eGY
participants.

Scope
eGY focused the international science community to
achieve a step increase in making past, present, and future
geoscientific data (including information and services)
rapidly, conveniently, and openly available. The themes
of eGY were electronic data location and access, data
release and permission, data preservation and rescue, data
integration and knowledge discovery, capacity building in
developing countries (mainly improving Internet connec-
tivity), and education and outreach. Promoting the devel-
opment of virtual observatories (VOs) and similar user-
community systems for providing open access to data
and services was a central feature of eGY.
Operations
Working groups were established to focus effort on each
of the eGY theme areas. National eGY groups were partic-
ularly active in Canada, China, India, Japan, Russia, and
the UK. A Web site (www.egy.org) served not only as
a means of networking among eGY participants, but was
developed as, and remains, an information resource for
data and information practice and policy.

Presentations, theme sessions, Town Hall meetings,
workshops, and demonstrations of VO technology and
working systems were organized at international confer-
ences run by AGU, The Asia Oceania Geophysics Society
(AOGS), ICSU’s Committees on Data for Science and
Technology (CODATA), the Committee on Space
Research (COSPAR), the European Geosciences Union
(EGU), IAGA, and IUGG. Virtual Observatories in
Geosciences (VOiG) Conference was held in Denver in
June 2007, with selected papers published in the April
2008 issue of Earth Science Informatics (http://www.
springerlink.com/content/1865–0473).

In 2008, an Earth and Space Science Informatics Sum-
mit was held in Rome to establish a better understanding
and cooperation among the various geoinformatics and
space science informatics initiatives and programs that
are growing up rapidly worldwide. A report is available
at http://egy.org/files/ESI_Summit_Report_final.pdf.

One of the first actions of eGY was to establish
a declaration for an Earth and Space Science Information
Commons. It states

The Electronic Geophysical Year (eGY) joins with the Inter-
national Council for Science, the World Summit on the Infor-
mation Society, and many other bodies in recognizing that
knowledge is the common wealth of humanity. We have
a shared responsibility to create and implement strategies
to realize the full potential of digital information for present
and future generations. In the 21st century and beyond,
access to digital information and new technologies for infor-
mation integration and knowledge discovery will influence
the free and productive development of societies around the
world. Providing ready and open access to the vast and
growing collections of cross-disciplinary digital information
is the key to understanding and responding to complex Earth
system phenomena that influence human survival.

and includes eight articles addressing the major aspects of
an Earth and space science information commons
(mirroring the eGY themes).

Achievements
Principal legacies of eGYare (1) stronger awareness of the
role that informatics plays in modern research, (2) adop-
tion of virtual observatories and similar systems for
accessing data, information, and services, and (3) an
expanding infrastructure at the international and national
levels. As with the IGY, the mission of eGY is being car-
ried forward through existing and newly formed national
and international organizations.

Advances in which the eGYeffort played a role include:

� Establishment of the Earth & Space Science Informat-
ics Division in EGU

� Establishment of a COSPAR’s Panel for Informatics
� Establishment of an IUGG Union Commission for

Data & Information
� Strengthening of AGU’s Earth & Space Science Infor-

matics Special Focus Group
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� IUGG readmission as a member of CODATA and sup-
port for a CODATA delegate

� Drafting of implementation guidelines for GEOSS’s
(GEOSS = the Global Earth Observing System of Sys-
tems) data and information policy

� Formation of an International Polar Year (IPY) Data
Policy and Management Subcommittee under ICSU,
WMO, and CODATA as a CODATATask Group

� Contributions to development of the IPY Data
and Information Service (IPYDIS, http://ipydis.org)
and the Polar Information Commons (http://
polarcommons.org)

� Formation of a CODATA Task Group: eGY Earth &
Space Science Data Interoperability

� ICSU/SCID and SCCID: eGY membership of SCID to
review data policy and representation on ICSU’s Strate-
gic Coordinating Committee for Information and Data

� eGY-Africa as a contribution to IUGG’s Geoscience in
Africa initiative
Energy Budget of the Earth, Table 1 Continental heat flux
statisticsa

m (Q) s (Q)
N (Q)mW m�2 mW m�2
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All values 79.7 162 14,123
Averages 1� � 1� 65.3 82.4 3,024
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73.5 51.7 128
Without USA
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�
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Averages 2
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�

61.6 31.6 1,359
Averages 3
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�

61.3 31.3 889

am is the mean, s is the standard deviation, and N is the number of
values
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Definition
The Earth is a physical system with an energy budget
where the outgoing energy must be balanced against all
the sources of energy. The planet is not in equilibrium:
the difference between the energy flowing out of the Earth
and the internal heat production is accounted for by the
secular cooling of the mantle and core.
Total heat loss of the earth
The main constraint on the total heat loss of the Earth
comes from many heat flux measurements that have been
made both on continents and oceans. Because the conti-
nents and the oceans have different thermal structures
and because the heat flux data are affected by different
biases in each region, it is necessary to analyze separately
the continental and the oceanic heat losses (Jaupart et al.,
2007).

Continental heat flow
There are more than 18,000 reported heat flux measure-
ments on the continents and their margins. This number
includes many additions by individual researchers to the
data in the compilation by Pollack et al. (1993). The mea-
surements are very unevenly distributed geographically
with the majority of the data coming from Eurasia and
North America. Two large continents, Antarctica and
Greenland, are almost unsampled. The raw average of all
continental heat flux values is 79.7 mW m�2. This value
is biased because the data set includes many data from
the USA that were collected for geothermal exploration
in anomalously hot regions. The bias is made evident
when data from the USA and the rest of the world are ana-
lyzed separately: the average is 112.4 mW m�2 for the
USA versus 65.7 mW m�2 for the rest of the world. One
way to remove the bias is by area-weighting, that is, esti-
mating the average over sufficiently large windows (1�
� 1�), and then taking the average of all the windows. It
yields an average heat flux for all the continents of
63 mWm�2 (Table 1). Multiplying by the continental sur-
face area of 210� 106 km2 gives 13.5 TW for the heat loss
through the continents. An alternative method to calculate
continental heat loss is to bin the data by “age,” determine
the average heat flux for each age group, and integrate the
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product of heat flux times the areal age distribution for
continental crust (Pollack et al., 1993). It gives about the
same value for the heat loss as the area weighted average.

Oceanic heat flow
There are more than 20,000 heat flux measurements
reported in the oceans but these data are not directly used
to calculate the total heat loss through the oceans. The oce-
anic heat loss is calculated from a model of cooling of the
seafloor. The measurements are used to determine the
parameters of this model. The cooling model of the sea-
floor is a direct consequence of the seafloor spreading
hypothesis. It assumes that seafloor forms at mid-oceanic
ridges and cools as it moves away from the ridge. The sur-
face heat flux is calculated by solving the heat conduction
equation with fixed surface temperature. For a cooling
half-space model, heat flux q decreases with seafloor age
t as (Lister, 1977):

q tð Þ ¼ CQt�1=2

where CQ depends on the temperature of the magma
ascending at the seafloor, and on the thermal properties
(thermal diffusivity and conductivity) of the cooling
lithosphere.

In order to compare the oceanic heat flux measurements
with the model, data have been binned by age. Figure 1
shows that the observed heat flux is systematically less
than predicted for seafloor ages<60My, and that heat flux
is approximately constant and higher than predicted for
ages >80 My.

Young seafloor
Only the heat that is conducted through the seafloor can be
measured. Near the mid-oceanic ridges, where there are
large open fractures in the shallow crust, much heat is
transported by the movement of hydrothermal fluids. This
convective component of the heat flux accounts for the
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Energy Budget of the Earth, Figure 1 Observed and predicted
oceanic heat flux as a function of seafloor age. The dotted line is
the predicted heat flux for the half-space cooling model. The
average observed heat flux (�1 SD) within different age groups is
shown by continuous (thin) lines. Data from Stein and Stein (1994).
difference between the observations and the predictions
of the cooling model. At depth, fractures are sealed by
the confining pressure and cooling is by conduction only.
In regions of the seafloor that are well sealed by sedi-
ments, the heat flux observations do fit the cooling model
and can be used to determine the constant CQ. With the
additional constraint being q(t ! ?) ! 0 (Harris and
Chapman, 2004), the value of CQ ranges between
470 and 510 mW m�2 My1/2.

Old seafloor
For ages greater than 80 My, the heat flux levels off and is
higher than calculated for a half-space cooling model. The
common interpretation is that cooling of the mantle trig-
gers the onset of small-scale convection, which maintains
a constant temperature or heat flux at fixed depth below
the seafloor. Experiments designated to measure the heat
flux on seafloor older than 100 My have shown that it is
almost constant and equal to 48 mW m�2.

Bathymetry
One consequence of the cooling of the seafloor is that the
average density of a rock column increases because of
thermal contraction:

Drm ¼ �armDT

where a is the thermal expansion coefficient, rm is mantle
density, andDT is the temperature difference at time t. The
change in bathymetry can be calculated from the isostatic
balance condition:

Dh ¼ 1
rm � rwð Þ

Z d

0
Drm z; tð Þdz

¼ �arm
rm � rwð Þ

Z d

0
DT z; tð Þdz

¼ a
Cp rm � rwð Þ

Z t

0
q 0; tð Þ � q d; tð Þ½ �dt

where Cp is the specific heat of the lithospheric rocks
and rw density of seawater. For a half-space, d ! ? and
q(d, t) ! 0, we have:

Dh ¼ a
Cp rm � rwð Þ

Z t

0
q tð Þdt

It gives:
h ¼ h0 þ 2a
Cp rm � rwð ÞCQt1=2 ¼ h0 þ CHt1=2

The bathymetry of the seafloor fits very well the half-

space cooling model for ages less than 80 My. For greater
ages, the bathymetry becomes flat, confirming that heat
supplied at the base balances the heat loss at the surface of
the plate (Figure 2). The constant CH is related to CQ
and, with standard values for the physical properties
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of the mantle (a = 3.1� 10�5 K�1, Cp = 1,170 J kg�1 K�1,
rm = 3,330 kg m�3, and rw = 1,000 kg m�3), we obtain
CH/CQ = 704 m3 W�1 My�1. Measurements of the depth
to the basement on old seafloor have been used to determine
a value of 345 m My�1/2 for CH, which translates
as 480 mW m�2 My1/2 for CQ (Carlson and Johnson,
1994). This is within the range obtained from the heat flux
data set.

Age distribution of the seafloor
In order to determine the total oceanic heat loss, we have
to integrate the heat flux times the areal distribution of sea-
floor ages. The distribution of seafloor ages has been very
well determined from studies of the marine magnetic
anomalies (Müller et al., 2008). There are few ages higher
than 180My and the areal distribution appears to decrease
linearly with age t, such that the areal distribution can be
approximated by:

CA 1� t=180ð Þ (1)

where t is age in My (Figure 3). In order to account
for the total area covered by the oceans including the
marginal basins (300 � 106 km2), the accretion rate CA =
3.4 km2 y�1.

Integrating separately seafloor younger and older than
80 My gives:

Q80� ¼
Z 80

0
CQt�1=2CA 1� t 180=ð Þdt

¼ 24:3 TW

Q80þ ¼ q80

Z 180

80
CA 1� t 180=ð Þdt

¼ 4:4 TWQoceans ¼ 29� 1 TW

(2)

The cumulative heat loss as a function of age depends

strongly on the age distribution (Figure 4). With a lower
accretion rate and a rectangular age distribution, the oce-
anic heat loss could be as low as 22 TW.
Hot spots
Hot spots bring additional heat to the oceanic plates. This
heat is not accounted for by the plate cooling model and
should be added to the oceanic heat loss. The extra heat
flux is barely detectable, but the heat that has been put in
the plate can be estimated from the volume of the swell
of the seafloor: it amounts to 2–4 TW. The resulting value
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for the total energy loss at the Earth’s surface, 46 TW, is
not much different from the first estimates by Williams
and von Herzen (1974) (Table 2).
Energy budget of the mantle
The total heat loss at the Earth surface includes continental
heat losses 14 TW, cooling of the sea floor, 29 TW, and
heat from the hot spots, 3 TW. Part of this heat comes from
radioactive heat production in the continental crust, which
has been estimated by multiple and extensive sampling
(Rudnick and Fountain, 1995; Rudnick and Gao, 2003;
Jaupart and Mareschal, 2003). It is estimated to be 7 TW.
This leaves 39 TW for the mantle, either by cooling of
the seafloor or by conduction through the continental lith-
osphere. Three main components balance the mantle
energy loss: radiogenic heat production in the mantle, heat
flux from the core, and secular cooling of the mantle.
Other sources (tidal dissipation, gravitational settling,
Energy Budget of the Earth, Table 2 Estimates of the
continental and oceanic heat flux and global heat loss

Continental
(mW m�2)

Oceanic
(mW m�2) Total (TW)

Williams and von
Herzen (1974)

61 93 43

Davies (1980) 55 95 41
Sclater et al. (1980) 57 99 42
Pollack et al. (1993) 65 101 44
Jaupart et al.a (2007) 65 94 46

aThe average oceanic heat flux does not include the contribution of
hot spots. The total heat loss estimate does include 3 TW from oce-
anic hot spots

Energy Budget of the Earth, Table 3 Radioelement concentratio
Earth, in Earth mantle, and crust

U (ppm)

CI Chondrites
Palme and O’Neill (2003) 0.0080
McDonough and Sun (1995) 0.0070
Bulk Silicate Earth
From CI Chondrites
Javoy (1999) 0.020

From EH Chondrites
Javoy (1999) 0.014

From Chondrites and Lherzolites Trends
Hart and Zindler (1986) 0.021

From Elemental Ratios and Refractory
Lithophile Elements Abundances
McDonough and Sun (1995) 0.020 � 20%
Palme and O’Neill (2003) 0.022 � 15%

Average MORB Mantle Source
Su (2000) 0.013

Continental Crust
Rudnick and Gao (2003) 1.3
Jaupart and Mareschal (2003) /
changes in gravitational potential energy due to thermal
contraction) contribute less than 1 TW.
Radiogenic heat production
Different approaches have been used to estimate the com-
position of the Earth’s mantle and its radiogenic heat pro-
duction. Earth was formed by accretion of planetesimals in
the Solar nebula that have the same origin as the chondritic
meteorites. However, the accretion process and the giant
impact that formed the Moon have modified Earth’s com-
position relative to the meteorites. Estimates of mantle
composition rely on comparing elemental ratios on Earth
and meteorites, to infer the composition of bulk silicate
Earth (BSE), that is, the mantle and crust. Another method
assumes that compositional trends in meteorites and man-
tle rocks record processes in the solar nebula and the man-
tle, and that they will intersect at the composition of their
common source. Both methods yield a heat production
of �20 TW for BSE. Accounting for the radioelements
that have been stored in the continental lithosphere leaves
13 TW in the convecting mantle. It is useful to compare
the mantle heat production to its heat loss: this ratio is
referred to as the Urey ratio of the mantle. It estimated to
be in the range 0.21–0.49 with a preferred value of 0.33.

A lower bound for mantle heat production can be
obtained from the composition of the rocks that are
extracted from the mantle to form the seafloor. This only
gives a lower bound because it does not take into account
a possible hidden reservoir that has not been tapped by the
extraction of the MORBs. This estimate is 11 TW for the
mantle; accounting for the heat production in the continen-
tal lithosphere gives a total heat production higher than
18 TW for BSE. These various estimates are summarized
in Table 3.
n and heat production (A*) in meteorites, in the Bulk Silicate

Th (ppm) K (ppm) A* (pW kg�1)

0.030 544 3.5
0.029 550 3.4

0.069 270 4.6

0.042 385 3.7

0.079 264 4.9

0.079 � 15% 240 � 20% 4.8 � 0.8
0.083 � 15% 261 � 15% 5.1 � 0.8

0.040 160 2.8

5.6 1.5 � 104 330
/ / 293 – 352
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Heat flux from the core
Some authors have assumed that the heat flux from the
core is equal to the heat flux transported by the hot spots.
There is no reason that it should be so. The heat carried
away by hot spots originating at the core mantle boundary
must be less than the core’s output. This lower bound is
4 TW. A different bound can be obtained by calculating
the minimum heat flux that would be conducted along an
adiabat in the core. The core is thought to have a very high
thermal conductivity and the heat flux conducted along
the adiabat is 40 mW m�2, that is, 5 TW. How much
energy is required to power the geodynamo has been
much debated. Present estimates vary within a wide range
(5–14 TW)with an average value of 9 TW (Nimmo, 2007;
Buffett, 2007).

Secular cooling
Table 4 compares different ways of breaking down the
energy budget of the Earth. Stacey and Davis (2008) add
the radioactivity in the continental crust to that of BSE
and thus overestimate the total heat production. Both
Stacey and Davis (2008) and Davies (1999) assumed that
all the heat from the core is carried away by the hot spots,
although the hot spots provide only a weak lower bound
on core heat flow.

The difference between the total mantle energy loss and
the inputs from the core, radioactivity, and other sources,
39 � 1 � 13 � 9 = 16 TW, must be accounted for by the
secular cooling of the mantle. This gives a mantle cooling
Energy Budget of the Earth, Table 4 Various estimates of the
breakdown of the global budget in TW. Stacey and Davis (2008)
have added heat production in the continental crust to that of
bulk silicate earth. They also assume that gravitational potential
energy released by thermal contraction produces heat rather
than strain energy. Both Stacey and Davis (2008) and Davies
(1999) assume that hot spots carry all the heat from the core

Stacey and
Davis (2008)

Davies
(1999)

Jaupart et al.
(2007) range
(preferred value)

Total heat loss 42 41 46
Continental heat
production

8 5 6–8 (7)

Upper mantle 1.3
Lower mantle 11–27
Mantle heat production 19 12–28b 11–15 (13)
Latent heat
(Core differentiation) 1.2 <1
Mantle differentiation 0.6 0.3 0.3
Gravitational
(Thermal contraction) 2.1
Tidal dissipation 0.1 0.1
Core heat loss 3 5 6–14 (8)
Mantle cooling 10 9a 9–23 (18)c

aMantle cooling is fixed
bLower mantle heat production is variable and calculated to fit the
mantle cooling rate
cMantle cooling is adjusted to fit the other terms in the budget
rate of �100 K Gy�1. Mantle temperatures can be
calculated from the composition of theMid Oceanic Ridge
Basalts (MORB). Petrological studies on Archean
(3.5–2.5 Gy old) MORB like rocks suggest a more modest
cooling rate of 50 KGy�1 (Figure 5). The range of temper-
atures found in these studies is too wide to rule out that the
secular cooling rate is higher than 50 K Gy�1, but the dif-
ference between the present and secular rates of cooling
raises interesting questions about the present energy
budget.

Present and long-term cooling rates
Is the present rate of energy loss equal to the long-term
rate? The energy lost through the seafloor depends on
the age distribution of the seafloor. It is likely that the
energy lost through the seafloor fluctuates with the super
continent cycle, and that the present energy loss is differ-
ent from the long-term mean. The second point is that
radioactive heat production in the mantle was higher in
the past than now for two reasons: one reason is the run-
down of radioelements and the other is the extraction of
continental crust that removed radioelements from the
mantle. Finally, the heat loss from the mantle depends on
the total continental area as much more heat escapes
through the seafloor than through the continental litho-
sphere. The energy flow from the core may also oscillate
and have been different in the past, when the frequency
of geomagnetic reversals was lower than in recent times.

The relative importance of these effects remains diffi-
cult to assess because we do not know exactly how
the volume of continental crust changed with time, but
Figure 6 presents one plausible thermal history of the man-
tle based on the assumption that the mantle heat loss oscil-
lates by�7 TWover a period of 400 My corresponding to
the supercontinent cycle.
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Energy Budget of the Earth, Figure 5 Liquidus temperatures of
basalts from ophiolites and greenstone belts with MORB
characteristics as a function of age. Adapted from Abbott et al.
(1994).
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Energy Budget of the Earth, Figure 6 Effect of fluctuations of
oceanic heat loss over a supercontinent timescale of tW =
400 My on the secular thermal evolution of the mantle, from
Labrosse and Jaupart (2007). The model calculations rely on
a simple parametrization of seafloor spreading that leads to
a weak secular variation of oceanic heat loss. Heat loss
fluctuations due to changes of seafloor spreading are
superimposed on the secular trend. These changes occur on
a timescale that is short compared to that of the secular trend
and leave almost no trace onmantle temperatures. Top panel (a):
the various contributions to the Earth’s energy budget that are
used in the calculation. Bottom panel (b): predicted evolution of
the average mantle temperature through time.
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Perspectives
The most promising avenue for improving our under-
standing of the energy budget is the recent development
of neutrino observatories that can detect geo-neutrinos,
that is, neutrinos from the decay of U and Th in the Earth
(Fiorentini et al., 2005). With sufficient observations of
geo-neutrinos, we might be able to determine more pre-
cisely the total heat production due to mantle radioactivity.
Summary
The Earth loses energy as heat flows out through its sur-
face. The total energy loss of the Earth has been estimated
at 46 � 2 TW, of which 14 TW comes through the conti-
nents and 32 TW comes from the seafloor. After removing
the heat production of radioactive elements in the conti-
nental lithosphere, the energy loss from the convecting
mantle is 39 TW. Three main sources balance the mantle
energy loss: Heat flow from the core, radiogenic heat pro-
duction in the mantle, and the secular cooling of the man-
tle. The uncertainty on the exact contribution of each
component is much larger than that on the total heat loss.
The best estimate of the present cooling rate of the mantle
(110 K Gy�1) is higher than the secular cooling rate esti-
mated from petrology. The present cooling rate may be
different from its long-term average because of variations
in seafloor spreading rates and higher mantle heat produc-
tion in the past.
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Synonyms
Partitioning – conversion
Energy Partitioning of Seismic Waves, Figure 1 Ray diagram
for the partition of a plane wave energy at a horizontal interface.
Definition
When an incoming P wave strikes an interface between
two isotropic homogeneous elastic media at some angle
other than the vertical, some of the energy is converted
into S wave which gets reflected and transmitted in the
same way as the P wave. This is known as the energy
partitioning of seismic wave.

Snell’s Law: The angles of incidence, reflection and
transmission as shown in Figure 1 are related by Snell’s
law, which says that the ratio of sines of angles of inci-
dence, reflection, and transmission to velocities of respec-
tive media across the interface is a constant. In
seismology, this constant is defined as the ray parameter,
RP as

siny1
VP1

¼ siny2
VP2

¼ sinj1

VS1
¼ sinj2

VS2
¼ RP (1)

where VP, VS and r are the P-wave velocity, S-wave veloc-
ity and density, and subscripts 1 and 2 represent the first
and second layers respectively.

Reflection and transmission coefficients: A reflection
coefficient describes either the amplitude or the energy
of a reflected wave relative to an incident wave and simi-
larly a transmission coefficient describes either the ampli-
tude or the energy of a transmitted wave relative to an
incident wave. When a plane wave strikes a horizontal
interface vertically (i.e., at normal incidence), the reflec-
tion coefficient, RC, and the transmission coefficient, TC,
are defined as

RC ¼ Z2 � Z1
Z2 þ Z1

(2)

2Z1
TC ¼
Z2 þ Z1

(3)

Where Z1 and Z2 are the acoustic impedance (P-wave
velocity multiplied by density) of the first and second
media respectively.

Zoeppritz equation: When the seismic ray obliquely
strikes the interface (Figure 1), separated by three elastic
parameters (VP, VS, and r) on either side, the RC and TC
as expressed by Equations 2 and 3 are not valid. The
reflection and transmission coefficients or amplitudes of
both P-P and mode converted P-S waves as a function of
angle can be derived using the Zoeppritz equations
(Zoeppritz, 1919) that can be easily expressed through
a matrix (Waters, 1987) as
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Q ¼ P�1R (4)

Where P is a 4 � 4 square matrix and, R and Q are 4 � 1
column matrices whose elements are shown as

P¼

siny1 cosj1 �siny2 cosj2

�cosy1 sinj1 �cosy2 �sinj2

sin2y1
VP1

VS1
cos2j1

r2
r1

V 2
S2

V 2
S1

2 siny1cosy2 �r2
r1

VP1VS2

V 2
S1

cos2j2

cos2j1 �VS1

VP1
sin2j1 �r2

r1

VP2

VP1
cos2j2 �r2

r1

VS2

VP1
sin2j2

2
666666664

3
777777775

(5)

Q ¼ R R R R½ �T and
PPR PSVR PPT PSVT

R ¼ � sin y1 � cos y1 sin 2y1 � cos 2f1½ �T (6)

R and R are the reflection coefficients and,
PPR PSVR
RPPT and RPSVT are the transmission coefficients of P-P
and mode converted P-S waves respectively.

Figure 2a displays the coefficients of reflections and
transmissions for P-P and converted P-S waves as
a function of incident angles (y) as per Equation 4 for
the model as shown in the figure itself. At zero angle or
offset, the RC for P-P wave is mainly governed by the
P-wave velocity but at large offsets its value depends on
both the P and S wave velocities. The nature and ampli-
tudes of curves vary with the elastic parameters across
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the interface (Figure 2b). These elastic parameters again
depend on the lithology and fluids present within.

Approximation to the Zoeppritz equation led to an ele-
gant method of reducing these curves to just two parame-
ters. According to Shuey (1985), the P-wave reflection
coefficient, RC(y) for an incidence angle (y) up to �30�
can be expressed as

RCðyÞ � Aþ B sin2y (7)

where,

A ¼ 1
2

DVP

VP
þ Dr

r

� �
; B ¼ AA0 þ Ds

ð1� sÞ2 (8)

1� 2s DV V=
tran
a f
.

A0 ¼ B0� 2ð1þB0Þ 1�s
;B0 ¼ P P

DVP VP= þDr r=
;
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2
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Equations 7 and 8 are valid up to high A for a negative
impedance contrast across an interface, and to about
A = 0.2 for a positive impedance contrast. Since 30� angle
corresponds to the maximum angle that we generally
encounter in normal seismic data acquisition, this approx-
imation is widely used to determine the amplitude versus
offset (AVO) attributes such as the intercept, A and the
gradient, B for the interpretation of seismic data.

AVO response for a realistic earth model: The reflections
from various subsurface interfaces exhibit a wide range of
AVO characteristics that depend upon the rock types and
fluid contents. From the field data, the amplitudes and off-
sets of reflected phases can be converted into reflection coef-
ficients and angles, and by modeling using the Zoeppritz
equation we can derive various elastic parameters (Ojha
and Sain, 2007, 2008) or Poisson ratio (s) that can be used
as a direct indicator for hydrocarbons, as inclusion of oil
or gas in the rock lowers the s. Any overpressure in the
trapped gas can also be known from AVO anomaly
(Tinivella, 2002) that helps in avoiding drilling hazard. In
oil industries, the AVO attributes have gained considerable
popularity for lithology identification and reservoir charac-
terizations (Castagna and Backus, 1993; Castagna et al.,
1998) due to the fact that seismic amplitudes at interfaces
are affected by the variations of physical properties just
above and below the interfaces. In a recent paper, Ojha
et al. (2010) have demonstrated through a field example that
a plot of Aversus B coupled with a rock physics can be used
as a rapid tool for detecting free-gas below a bottom simulat-
ing reflector, and quantifying the amount of gas-hydrate and
free-gas along a seismic reflection profile.

The gas-sand detection is the most promising applica-
tion of AVO analysis. The characteristically low VP /VS
ratio or s of gas sand is expected to be differentiated from
other low-impedance layers, such as coals and porous
brine or oil sands. Rutherford and Williams (1989) have
defined three distinct classes of gas-sand AVO anomalies
(Figures 3 and 4) mainly based on the intercept, A (normal
incidence reflection coefficient) and gradient, B attributes.

The Class I is a high impedance sand anomaly and
occurs when the normal-incidence P-wave reflection coef-
ficient is strongly positive and shows a strong amplitude
decrease with offset and a possible phase change at far off-
set. The Class II anomaly occurs when the gas sand has
similar impedance to the neighboring shale. For the gas
sand scenario, the normal incidence reflection coefficient
is close to zero and becomes negative at larger offsets.
The Class III is the classic Gulf of Mexico AVO anomaly
where gas sand has low impedance compared to shale.
The normal incidence reflection coefficient is negative
and becomes more negative as offset increases. The
“bright spot” is associated with the Class III AVO anomaly
and can be used as a direct indicator for hydrocarbons.

If the rock overlying the reservoir has a velocity appre-
ciably lower than that of the reservoir itself (e.g., carbon-
ate reservoir capped by shale), the effect of hydrocarbon
is to decrease the impedance contrast and reduce the
reflection coefficient producing a “dim spot.” Class I and
Class II AVO anomalies can produce the reverse effect.
When the rock overlying the reservoir has a velocity
slightly smaller than that of the reservoir rock, lowering
the impedance of reservoir rock by hydrocarbons may
invert the sign of the reflection, producing a polarity
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reversal. The sand types and presence of gas can be iden-
tified from the classical A-B crossplot.

Summary
Because of energy partitioning, we can record both P- and
S waves using multi-component sensors, and derive both
P- and S-wave seismic velocities and their ratio (VP/VS),
study of which provides more accurate information on
lithology and fluid content than that obtained either by
P- or S-wave velocity alone.
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EQUATORIAL ELECTROJET

Archana Bhattacharyya
Indian Institute of Geomagnetism, Navi Mumbai, India

The equatorial electrojet (EEJ) is a narrow band of intense
electric current that flows along the dip equator in the day
side ionospheric E region with peak current density at an
altitude of around 105 km.

Cause
Electrical conductivity of the partially but significantly
ionized upper atmosphere of the Earth is anisotropic due
to the presence of Earth’s magnetic field. In the iono-
spheric E region, movement of electrons in response to
an electric field is influenced by the geomagnetic field,
whereas for the heavier ions, collisions with neutral parti-
cles have much greater influence. This difference in the
behavior of electrons and ions gives rise to a large Hall
conductivity in the E region. Atmospheric tides, driven
mainly by solar heating, cause the neutral atmosphere to
undergo global-scale daily oscillations, which set the elec-
trically conducting fluid in the ionosphere into motion
thereby generating an electric field in the E region due to
dynamo action in the presence of the geomagnetic field.
At the dip equator, where the geomagnetic field is horizon-
tal and northward directed, an eastward electric field in the
magnetic east-west direction drives a downward Hall cur-
rent, which is restricted due to the limited vertical extent of
the E region. This causes charges to accumulate producing
an upward polarization electric field much larger than the
original eastward electric field in a region where the Hall
conductivity is much larger than the Pedersen conductiv-
ity, and the upward electric field now drives an eastward
Hall current that greatly exceeds the original eastward
Pedersen current. Together these eastward currents consti-
tute the normal equatorial electrojet (EEJ) (Forbes, 1981).

Observations
Comparison of geomagnetic field variations recorded at
observatories located near the dip equator with data from
low latitude observatories outside the influence of the
EEJ but in the same longitude zone, show a typical
enhancement of about 40–100 nT in the horizontal com-
ponent of the geomagnetic field during daytime at the
equatorial location, due to the EEJ. Figure 1a shows the
location of the dip equator at different geographic longi-
tudes computed from International Geomagnetic Refer-
ence Field model IGRF11. Figure 1b gives the locations
of a chain of magnetic observatories in the Indian longi-
tude region located at different latitudes, which extend
northward from the dip equator to the focus of the solar
quiet (Sq) current system that also flows in the day side
E region of the ionosphere driven by E region dynamo
electric fields generated by atmospheric tides, while
Figure 1c depicts the average pattern of daily variation
of the horizontal component of the geomagnetic field mea-
sured at these locations on magnetically quiet days of
November 2001. The excess current that flows in the dip
equatorial region of the ionspheric E layer as
a consequence of the geometry of Earth’s main magnetic
field is the EEJ. In situ measurements by rockets have pro-
vided information about the current density and electric
field profiles in the EEJ (Pfaff et al., 1997). Satellite
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observations of magnetic field produced by the EEJ have
yielded information about longitudinal variations in the
spatial features and strength of the EEJ. For a normal
EEJ, the same pattern of steep rise in current strength in
the morning hours reaching a maximum between 10:30
and 12:00 LT, and then a gradual decrease to insignificant
values around 18:00 LT is seen at all longitudes. Assum-
ing the EEJ to flow in a thin sheet, on the average the cur-
rent density estimated fromCHAMP satellite observations
is 0.19 A/m, while the latitudinal extent of the EEJ at
noontime has been estimated to be about �2 degrees
around the dip equator, where the current peaks (Lühr
et al., 2004). It is yet to be established how return currents
close the EEJ. At a fixed longitude, the EEJ shows
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considerable day-to-day variation, and also seasonal and
solar cycle dependence. On some days, the magnetic sig-
natures recorded at observatories or by satellites indicate
a daytime current flowing in the westward direction. This
is called the counter electrojet, a phenomenon not yet
understood (Rastogi, 1989).

Uses of EEJ observations
The electric field in the equatorial ionospheric E region
plays a major role in determining the spatial distribution
of ionospheric plasma throughout the low latitude iono-
sphere, which affects the operation of satellite-based com-
munication and navigation systems such as the Global
Positioning System (GPS). The EEJ is an indicator of the
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state of this electric field during daytime. In the processing
of data collected in magnetic surveys as a part of geophys-
ical exploration for natural resources, it is necessary to
remove the diurnal variation in the geomagnetic field
due to the EEJ. The EEJ is also a natural source for electro-
magnetic induction studies. However, its latitudinal extent
sets a limit on the depth within the Earth to which electri-
cal conductivity can be determined using temporal varia-
tions of the EEJ.
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Synonyms
Long-range dependence and disorder; Power law;
Randomness; Scaling; Self-affine; Self-similar

Definition
Fractals. The objects having fractional dimension are
termed as fractal. Also, such objects are self-similar in
nature, thus their shape is independent of the scale and
remains same under dilatation or contraction. The concept
is extended to the time series analysis, and those time
series in which power spectrum follows power law are
termed as fractal time series.
Chaos. It is a state of extreme disorder. Behavior of cha-
otic systems is highly sensitive to initial conditions. Small
change in initial conditions, even due to rounding off
errors in computation can yield widely diverging out-
comes for chaotic systems, rendering long-term prediction
impossible in general. The chaos can be quantified by
Lyapunov exponent if it is positive.

Introduction
The origin of fractals dates back to the eighteenth century
in the study of non-differentiable functions by Karl
Weierstras, Georg Cantor, and Felix Hausdorff, however,
the term fractal was coined by Mandelbrot (1967, 1983)
in a paper published in science “How long is the coast of
Britain?” and later in his book Geometry of Nature.
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
Fractals and Chaos are relatively new mathematical inno-
vations, which find their applications in several branches
of pure and applied sciences. Applications of fractals and
chaos have been widely explored in solid earth geophysics
and its successful applications are demonstrated in many
areas of geophysics, namely: gravity, magnetic modeling
(Turcotte, 1997; Dimri, 2005), seismic inversion, earth-
quake frequency–magnitude relationship (Ouchi and
Uekawa, 1986; Dimri et al., 2005), analysis of reflectivity
sequence (Painter et.al., 1995; Toverud et al., 2001), and
fractal representation of soil structures to characterize soil
water properties in terms of porosity and particle size dis-
tribution (Rieu and Sposito, 1991). Another important
study is simulation of fractures using fractal method
(Borodich, 2000; Tanaka et al., 2001). A new technique
is proposed by Srivastava and Dimri (2007) that uses mod-
ified Voronoi tessellation to model the complex geological
structures. Further, fractal or scaling behavior of time
series has been widely used in analysis and modeling of
geophysical time series (Todoeschuck and Jensen, 1988,
1989). Chaos has been used in studies related to atmo-
sphere, climate, and earthquake studies (Grassberger and
Procaccia, 1983; Srivastava, 2005).
Basic concepts
Power law (scaling behavior)
Spectral analysis of fractal time series shows that power
(P) is proportional to frequency ( f ) raise to power a real
exponent (b), termed as scaling exponent (Figure 1a, e).
In mathematical form it is represented as:

pð f Þ / f �b (1)

This behavior is also known as scaling law.

The fractal analysis of time series is fundamentally

based on the concept of fractional Brownian motion and
fractional Gaussian noise. The fractal time series, also
90-481-8702-7,
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known as time series having long memory are character-
ized by fractional Gaussian noise (fGn). A time series is
said to follow fGn characteristic if (1) its histogram is fat
tailed Gaussian, (2) covariance, semi-variogram, and
power spectrum follow power law behavior, i.e., values
of log power spectrum either decays or increases with
lag and covariance behaves as a mirror image of semi-
variogram, and (3) Hurst coefficient lies within (0.5–1)
as shown in Figure 1. A popular method of Hurst coeffi-
cient estimation is Re-Scaled range analysis (R/S analy-
sis). Below we discuss the definition and basic concepts
of fractional Brownian motion and fractional Gaussian
noise.
Fractional Brownian motion (fBm)
Fractional Brownian motion is generalization of classical
Brownian motion (cBm). The fractal nature of fBm can
be understood from the following mathematical
definition. Assume that f (t) is a single valued continuous
function of time/space (t). Let the increments (or differ-
ence of adjacent values) df = f (t2)� f (t1) follow Gaussian
distribution (Molz and Boman, 1993) with the following
properties:

E < f ðt2Þ � f ðt1Þ � 0; and

E f ðt2Þ � f ðt1Þ½ �2 � a t2 � t1jj 2H ;
(2)

where, E<X> is the mean or expected value of X, a is con-
stant of proportionality, and H is an exponent known as
Hurst coefficient (Mandelbrot and Van Ness, 1968; Voss,
1985a, b) lying between 0 and 1 (0 � H � 1). The
expected values are obtained by averaging over many
increments of size |t2 � t1|. The Equation 2 holds for any
value of time increment dt = |t2 � t1|. It is obvious
from Equation 2 that for H = 0.5, E<[ f (t2) � f (t1)]

2�
a |t2 � t1|, so the fractional Brownian motion reduces to
classical Brownian motion (cBm).

Fractional Gaussian noise (fGn)
The concept of fractional Gaussian noise is intertwined
with the fractional Brownian motion. The detailed discus-
sion and criteria to distinguish between them are explained
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in the paper by Hewett (1986) and Hardy and Beier
(1994). Here we describe in brief the relationship between
fBm and fGn.

Let, x1, x2, x3, . . . xn be the sequence of numbers sepa-
rated by time interval dt that represents a fBm process,
then one can generate a corresponding fGn or time deriv-
ative process by computing the sequence [(x2 � x1),
(x3 � x2), (x4 � x3), . . . (xn � xn�1)]/ dt. Conversely, if
one starts with a fGn sequence of numbers given by
y1, y2, y3, . . . yn, then, numerical integration will yield
the corresponding fBm sequence given by:

y1; y1þ y2ð Þ; y1þ y2þ y3ð Þ; . . . y1þ y2þ y3 . . .þ ynð Þ½ �:
Fractal signal analysis
Geophysical signals are often in the form of time/space
series that can be characterized by combination of stochas-
tic component, trend component, and periodic component
(Malamud and Turcotte, 1999). To quantify the stochastic
component of the time series it is necessary to specify the
statistical distribution of values and persistence. There
exist a variety of techniques to quantify the strength of per-
sistence, but the most commonly used is the spectral anal-
ysis, where the log-log plot of power spectrum of time
b > 0
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series is plotted against frequency (or wave number in case
of space series) and the value of slope, known as scaling
exponent (say b), gives an estimation of persistence. Per-
sistence study is useful to understand the nature of the phe-
nomenon. Depending upon the value of scaling exponent,
persistence can be characterized as weak or strong. Scal-
ing exponent controls the balance of high and low fre-
quencies and determines the degree of smoothness or
correlation of the time series.

Analyzing geophysical time series
Persistence of the time series is a measure of correlation
between adjacent values of the terms in time series. The
uncorrelated or random data with zero persistence is the
white noise. The case b = 0 (Figure 2a) has a power inde-
pendent of frequency and is the familiar case of white
noise. Values of such a time series are uncorrelated and
completely independent of one another. The time series
is anti-persistent if adjacent values are anti-correlated.
When b < 0 (Figure 2b), the series is anti-correlated and
each successive value tends to have the opposite sign.
Noise with b =�1 is sometimes called flicker noise, while
that with b = �2 is Brownian noise. The time series is
persistent if adjacent values are positively correlated to
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each other. For b > 0 (Figure 2c), the series is positively
correlated, that is, persistent.

Fractal behavior of various physical properties
The Earth’s inherent complexity makes it difficult to infer
the location, distribution, and structure of rock types, grain
size distribution, material strength, porosity, permeability,
etc., from the geophysical observations; these characteris-
tics are often inferred from the distribution of fundamental
physical properties such as density, electrical conductivity,
acoustic impedance, and many others. For geophysical
study, the physical response of the Earth can be approxi-
mated by convolution model (Dimri, 1992). Extraction
of useful information from the observations made over
the surface needs advanced processing and interpretation
techniques. Since physical properties of the earth system
follow fractal (scaling) rather than hitherto assumed ran-
dom distribution, the interpretation techniques of geo-
physical exploration are reformulated for fractal (scaling)
geology (Dimri, 2005).

Fractal dimension and seismicity distribution
The fractal theory has led to the development of a wide
variety of physical models of seismogenesis including
nonlinear dynamics. Fractal concepts can be efficiently
used to characterize the seismicity pattern of a region.
The fractal nature of the spatial distribution of earthquakes
Fractals and Chaos, Figure 3 Trajectory of the types of attractors
(d) chaotic attractor (after Tiwari, 2000).
was first demonstrated by Kagan and Knopoff (1980),
Hirata and Imoto (1991), and Hirabayashi et al. (1992).
The hypocenter distribution data suggests that the changes
in fractal dimension could be a good precursor parameter
for earthquakes as it is a measure of the degree of cluster-
ing of seismic events. A change in fractal dimension corre-
sponds to the dynamic evolution of the states of the
system. Generally the values of b-value (half of fractal
dimension) cluster around 1 when the system is relatively
stable and decreases to lower values around 0.3 prior to the
failure. The decrease in value of fractal dimension before
a big earthquake is observed by several authors (Ouchi
and Uekawa, 1986, De Rubies et al., 1993). Hirata et al.
(1987) showed that the change in fractal dimension with
time is largely dependent on the crustal conditions of the
study region.
Chaos
‘And now a bubble bursts, and now a world’

An essay on Man, Alexander Pope

The concept of chaos was proposed by Lorenz, who advo-
cated that a small perturbation in the coupled system can
amplify to a great deal in some other part of the system.
The chaotic systems are known to have finite fractal
dimension (Moharir, 2000). The chaotic behavior of the
system can be assessed by the quantitative estimate of
(a) point attractor (b) periodic limit cycle (c) quasi-periodic, and
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Lyapunov exponent. The system is said to be chaotic, if
Lyapunov exponent is positive (>0).

Various evolutionary fluctuations exhibit the features of
a dissipative dynamical system with possible chaos/
attractors in phase space (Tiwari, 2000). If all the trajecto-
ries of evolutionary processes converge towards a subset
of phase space irrespective of their initial conditions, then
the subset is called an “attractor” (Tsonis and Elsner,
1988). The nature of attractor is characterized by its fractal
dimension. A “strange attractor” will have a non-integer
(fractal) dimension and can be represented by a more com-
plex form in a phase space. Also, such an attractor is char-
acterized by the chaotic trajectories and a broadening of
the frequency spectrum. Evidence of chaos/strange attrac-
tor has been reported in many global geophysical and
planetary system dynamics. The shape of the attractor
depends on the nature of the physical process. The shape
of most common four kinds of attractors, namely, point
attractor, periodic limit cycle, quasi-periodic, and chaotic
attractors is shown in Figure 3. The fractal dimension of
a chaotic system (strange attractor) indicates the number
of ordinary differential equations needed to model the pro-
cess, or in other words, it is indicative of the number of
variables required for almost complete description of the
dynamic system (Tsonis and Elsner, 1988).

Summary
Geophysical interpretation techniques have been
reformulated after the findings from the analysis of phys-
ical properties recorded in different deep bore wells world-
wide, which shows that physical properties of the earth
system follow fractal instead of random distribution
(Dimri, 2005). Recent research in solid earth geophysics
employing fractals and chaos includes modeling of the
earth’s magnetic and gravity fields, where it has been
shown that rocks have scaling stratification (Lovejoy
et al., 2008; Lovejoy and Schertzer, 2007). Another, sig-
nificant research includes simulation of fGn series, which
helps to improve the inversion results by way of providing
a suitable initial model (Srivastava and Sen, 2009, 2010).
In atmospheric sciences, the interesting research is done to
model the atmospheric dynamics, which repeats scales
after scales and behaves like a cascade (Lovejoy et al.,
2009). There are several interesting applications of chaos
in climate and rainfall modeling (Hosking, 1984;
Sivakumar, 2000).
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Introduction
The seismological data can be analyzed and interpreted in
terms of three basic concepts. The first is based on the geo-
metrical ray theory of optics. Most of our knowledge
about the interior of the Earth has come from the applica-
tion of the ray-theoretic methods to seismological data.
Ray theory is useful for periods shorter than a minute.
Travel-times of seismic phases constitute an important
component of the ray theory concept.

The second concept is that of surface waves. The study
of the dispersion of surface waves helps us in determining
the regional structure, e.g., low-velocity zones, oil-bearing
structures, etc. The surface wave theory is useful in the
period range 10–300 s.

The third concept is that of the normal-mode theory or
free oscillations of the Earth. In here, the field is viewed
as a sum of standing waves instead of traveling waves.
The standing waves can be seen as peaks in the amplitude
spectrum of a seismogram. Theoretical seismograms can
be computed for spherically symmetric, nonrotating, elas-
tic, isotropic (SNREI) Earth models by mode-summation
techniques at low frequencies. At high frequencies, the
number of modes required to represent the field becomes
so large that the mode-summation technique is not
practicable.

The Earth reacts to an earthquake or an explosion by
vibrating as a whole in the same manner as does a bell
when it is struck. The study of the Earth’s free oscillations
is based on the theory of vibrations of an elastic sphere.
The problem increases in complexity as we proceed from
an isotropic homogeneous sphere to models of the Earth
which take into account its anelastcity, anisotropy, radial
and lateral heterogeneity, rotation, gravity, and prestress.

The problem of the oscillations of an elastic sphere is an
old one. It attracted many classical physicists of the nine-
teenth century, including S.D. Poisson, Lord Kelvin, G.H.
Darwin, and H. Lamb. In a classic paper, Lamb (1882)
discussed the various modes of oscillations of a uniform
elastic sphere and calculated the important roots of the fre-
quency equation. He classified the oscillations of a sphere
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as of the “first class” and the “second class.” In an oscilla-
tion of the first class, the dilatation and the radial compo-
nent of the displacement vanish everywhere, so that
there is no change of shape. In the case of the oscillations
of the second class, the radial component of the vorticity
vanishes. The oscillations of the first class are now known
as toroidal or torsional oscillations and the oscillations of
the second class as spheroidal or poloidal oscillations.

The Earth differs from a homogeneous elastic sphere in
two important respects: self-gravitation and radial hetero-
geneity. Gravity does not affect the toroidal oscillations
because these are divergence-free and have no radial com-
ponent of the displacement, so that the density distribution
remains unchanged. But gravity plays an important role in
the case of the spheroidal oscillations. Bromwich (1898)
investigated the effect of self-gravitation, simplifying his
work by dealing only with an incompressible sphere. Love
(1911) showed that a self-gravitating sphere of the size
and mass of the Earth and of rigidity that of steel has
a free period of oscillation of almost exactly 1 h for the
mode 0S2 (the fundamental mode of the spheroidal oscilla-
tion of the second order). Obviously, if this mode were to
be observed, instruments would be needed that had sensi-
tivity at periods very much longer than the periods of seis-
mic motion then being routinely recorded.

Shida (1925) designed an electromagnetic seismograph
with pendulum period 180 s and galvanometer period
1,200 s for observing Earth’s free oscillations. However,
the technology of that time was incapable of achieving
the precision and sensitivity that were demanded. It was
Hugo Benioff, who first constructed an electromagnetic
strainmeter which was capable of recording free vibrations
as long as 1 h. However, he had to wait for a big earth-
quake to make an appropriate use of the strainmeter devel-
oped by him, since the Earth will produce its deeper
modes only when a large amount of kinetic energy is
released by an earthquake or an explosion.

Benioff was able to record a ground motion of 57 min
period for the Kamchatkan earthquake of November 4,
1952, on his strainmeter. He (Benioff, 1958) attributed it
to the mode 0S2 of the oscillations of the Earth. This was
the first time that the natural oscillations of the whole
Earth had been observed. It was but natural that several
seismologists started investigating the problem of the free
oscillations of the Earth theoretically and calculating the
periods of the normal modes of real Earth models. Jobert
(1956) applied Rayleigh’s principle in calculating the
period for the mode 0T2 (the fundamental mode of the
toroidal oscillation of the second order) as 43.54 min for
the Bullen B model of the Earth. In the following year,
Jobert (1957) applied the same method in obtaining the
period for the mode 0S2 as about 53 min. Pekeris and
Jarosch (1958) applied variational methods in calculating
the period of the mode 0S2 as 53 min. Soon after, Alterman
et al. (1959) integrated the equations of motion numeri-
cally and calculated the periods of various normal modes
of the Earth. In particular, they showed that the period of
the mode 0S2 should be 53.7 min for Bullen B model of
the Earth. A wide range of normal modes of the whole
Earth were observed by several seismological groups in
the USA for the great Chilean earthquake of May 22,
1960. The agreement between the observed periods and
the periods calculated by Alterman et al. (1959) was excel-
lent. This was the beginning of a new branch of seismol-
ogy – the low frequency seismology. Impetus to research
in this new field was provided by several factors: (1) avail-
ability of instruments capable of recording long-period
oscillations of the Earth, (2) availability of high-speed
electronic computers for Fourier analysis of the recorded
data, and (3) availability of computer codes for numerical
solution of differential equations efficiently. A network of
low-noise accelerometers deployed all over the globe in
1970s permitted routine detection of normal-mode spec-
tral peaks following earthquakes of relatively modest
magnitude.

Observations of the 1960 Chilean earthquake indicated
that the mode 0S2 did not have a single spectral peak, but,
instead, was composed of at least two lines with periods
53.1 and 54.7 min. Indeed, Backus and Gilbert (1961)
and Pekeris et al. (1961) showed theoretically that for
the mode 0S2, five spectral lines exist if the rotation of
the Earth is taken.

The work of Alterman et al. (1959) and their contempo-
raries did not include the effects of lateral heterogeneity,
ellipticity, prestress, anisotropy, and anelasticity. Consid-
erable progress has since beenmade in the direction of tak-
ing one or more of these features into account. Madariaga
(1972) studied toroidal oscillations of a laterally heteroge-
neous Earth. Kanamori and Anderson (1977) and
Woodhouse (1980) discussed the effect of the departure
from perfect elasticity. Woodhouse and Dahlen (1978)
investigated the effect of a general aspherical perturbation
on the free oscillations of the Earth. Excellent reviews on
the free oscillations of the Earth have been given by
Stoneley (1961), Alterman et al. (1974), Lapwood and
Usami (1981), Buland (1981), Dahlen and Tromp
(1998), and others.
Toroidal oscillations of a uniform elastic sphere
On applying the method of separation of variables, the
equation of motion for the toroidal oscillations of
a homogeneous isotropic (uniform) elastic sphere of den-
sity r and Lamé’s parameters l and m leads us to the fol-
lowing equation for the radial eigenfunction W(r):

d2W
dr2

þ 2
r
dW
dr

þ ro2

m
� l l þ 1ð Þ

r2

� �
W ¼ 0; (1)

where o is the angular frequency and l = 0, 1, 2, 3, . . . is
a separation variable. Equation 1 can be solved in terms
of the spherical Bessel functions. Solution of Equation 1,
which remains bounded as r ! 0, is of the form

W ¼ A0jl
or
b

� �
; (2)
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where jl wð Þ is the spherical Bessel function of the first
kind and b ¼ m=rð Þ1=2 is the shear wave velocity.
The boundary condition that the surface r = a of the sphere
is traction-free yields the frequency equation:

wjlþ1ðwÞ ¼ ðl � 1ÞjlðwÞ; (3)

where w ¼ oa=b.
Since the frequency equation (3) is a transcendental

equation, for each l, it possesses an infinite number of
roots in w. Let these roots be numbered in ascending order
of magnitude and denoted by nwl ðn ¼ 0; 1; 2; . . .Þ. The
corresponding frequencies and periods can be found
through the relations.

nol ¼ b
a

� �
nwl; nTl ¼ 2p

no l
: (4)
Then nol are the eigenfrequencies and nTl are the
eigenperiods. Further, n = 0 is associated with the funda-
mental mode and n = 1, 2, etc., are associated with the first
overtone, the second overtone, etc. For a given l> 0, there
exists a family of n concentric nodal surfaces, i.e., interior
surfaces at which the toroidal eigenfunction W vanishes.
These nodal surfaces are given by

jl
r
a nwl

� �
¼ 0: (5)

There are no toroidal oscillations associated with l = 0,
Free Oscillations of the Earth, Table 1 Dimensionless
frequency wð Þ, period (T in seconds), and nodal spheres (rn) for
the rotatory vibrations (l = 1) of a homogeneous sphere

n w T a r1/a r2/a r3/a r4/a
since the corresponding displacement is identically zero.
The value l = 1 yields a rigid rotation. The accom-
panying toroidal oscillations are known as rotatory
vibrations. For l = 1, the frequency equation (3) becomes
j2 wð Þ ¼ 0, which may be expressed in the form

tan w
w

¼ 3
3� w2

: (6)

The lowest roots of Equation 6 are given, approxi-
 1 5.763 1113 0.780
2 9.095 705 0.494 0.849
3 12.322 521 0.365 0.627 0.885
4 15.514 414 0.290 0.498 0.703 0.907

a

mately, by

w ¼ 5:763; 9:095; 12:322; 15:514 . . . (7)

Equation 7 lists the first four overtones. For l = 1,
 Assuming a = 6371 km, b ¼ 6:24 km=s

Free Oscillations of the Earth, Table 2 Dimensionless
frequency wð Þ, period (T in seconds) and nodal spheres (rn) for
the toroidal oscillations of the second order (l = 2) of a
homogeneous sphere

n w T a r1/a r2/a r3/a r4/a

0 2.501 2565
1 7.136 899 0.808
2 10.514 610 0.548 0.865
3 13.771 466 0.419 0.660 0.895
4 16.983 378 0.339 0.535 0.725 0.914

aAssuming a = 6371 km, b ¼ 6:24 km=s
the fundamental mode does not exist. For this mode
(l = 1, n = 0), every part of the sphere shows rotation
around some axis in one direction. Such a motion could
not be excited without the application of an external
torque and so would not be a free oscillation. Conse-
quently, the frequency equation has no root corresponding
to this mode (Lapwood and Usami, 1981; p. 35).

For rotatory vibrations, the nodal spheres are given by

j1
r
a nw1

�
¼ 0

�

which yields

tan
r
a nw1

� �
¼ r

a nw1: (8)
Table 1 lists the dimensionless frequencies, periods, and

nodal spheres for rotatory vibrations of a homogeneous
sphere for the first four overtones.

From Equation 3, the frequency equation for the toroi-
dal oscillations of the second order (l = 2) is given by

wj3 wð Þ ¼ j2 wð Þ;
or, equivalently, by

tan w
w

¼ w2 � 12
5w2 � 12

: (9)

The corresponding dimensionless frequencies, periods,

and nodal surfaces for the fundamental mode and the first
four overtones are listed in Table 2.
Spheroidal oscillations of a uniform elastic sphere
Spheroidal modes corresponding to l = 0 are known as
radial modes because the associated particle motion is
purely radial. The frequency equation for the radial vibra-
tions is (Ben-Menahem and Singh, 1981; p. 346)

z cot z ¼ 1� 1
4

lþ 2m
m

� �
z2; (10)

where

z ¼ oa
a

; a ¼ lþ 2mð Þ
r

� �1=2
: (11)
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It may be noted that the frequency equation for the
spheroidal oscillations is a function of the ratio l=m.
For the Poissonian case l ¼ mð Þ, the lowest roots of
Equation 10 are given, approximately, by

z
p
¼ 0:816; 1:929; 2:936; 3:966; . . . : (12)

Assuming a = 6371 km, a ¼ 9km=s, the corresponding

periods (in seconds) are found to be

T ¼ 1735; 734; 482; 357; . . . : (13)

The fundamental radial mode S corresponds to an
0 0
expansion and contraction of the whole sphere without
its form changing. For the nth overtone nS0, there are n
concentric nodal surfaces inside the sphere at which the
displacement vanishes identically.

For l = 1, the fundamental mode 0S1 does not exist,
since it represents a rigid-body translation. Even though
the geometric center of the sphere is displaced, its center
of mass does not move (Lapwood and Usami, 1981; p.
37). Thus the movement of the center does not contradict
the physical requirement that the center of mass stays
unmoved. The roots of the frequency equation
representing the first four overtones (l = 1, n = 1, 2, 3, 4)
are given, approximately, by

w ¼ 3:424; 6:771; 7:444; 10:695; (14)

assuming l ¼ m.
In the case of the spheroidal oscillations of the second

order (l = 2), the oscillating sphere assumes alternatively
the forms of a prolate and an oblate spheroid.
Therefore, this mode of oscillation is known as the foot-
ball mode.

Oscillations of an SNREI Earth model
In the last two sections, we have discussed oscillations of
a homogeneous, isotropic, elastic, non-gravitating, spher-
ical Earth model. This relieves the free oscillation problem
of its mathematical intricacies while retaining its impor-
tant features.

The equations of motion of a spherically symmetric,
nonrotating, elastic, isotropic (SNREI) Earth model
may be written in the form (Aki and Richards, 1980;
Ben-Menahem and Singh, 1981)

div ~~T þ r grad C� gurð Þ þ erg div u½ � ¼ r @2u
@t2

; (15)

2
H C ¼ 4pG div ruð Þ; (16)

where

u ¼ displacement vector
~~T ¼ l~~Idivuþ m Huþ uHð Þ = stress tensor
g = acceleration due to gravity
G = gravitational constant
C ¼ perturbation in the gravitational potential
Equations 15 and 16 are to be solved subject to suit-

able boundary conditions. Thus, u, er � ~~T ; C and
@C=@r � 4pGrur must be continuous everywhere.
However, at a boundary between a solid and a fluid or
between two fluids, ur rather than u must be continuous.

In the absence of external body force, the motion of the
Earth consists of a superposition of free simple harmonic
oscillations of the form

u r; tð Þ ¼ uðrÞ exp iotð Þ:
Therefore, the equation which governs the free oscilla-
tions of the Earth is obtained from Equation 15 by making
the substitution @=@t ! io. This yields

Luþ ro2u ¼ 0; (17)

where L is a self-adjoint linear operator. Equations 16 and
17 together with boundary conditions define an eigenvalue
problem. Every model of the Earth will possess an infinite
number of eigenfrequencies oi and a corresponding
infinite number of eigenfunctions ui (r).

As mentioned in the Introduction, the oscillations of the
Earth are of two types: toroidal and spheroidal. At high
frequencies, the toroidal oscillations correspond to the
Love surface waves and SH body waves. Toroidal
eigenfunctions are of the form

uðrÞ ¼ W ðrÞ �er � grad Yml½ �; (18)

where

Yml ¼ Pm
l cos yð Þ exp imjð Þ

is a surface spherical harmonic. For every value of l except
zero, there is a fundamental toroidal mode 0Tl and an
infinite number of overtones nTlðn ¼ 1; 2; . . .Þ. From
Equation 18 it is seen that, for toroidal oscillations, ur = div
u = 0.

At high frequencies, the spheroidal oscillations corre-
spond to the Rayleigh surface waves and P – SV body
waves. The spheroidal eigenfunctions are of the form

uðrÞ ¼ erUðrÞYml þ V ðrÞgrad Yml: (19)

For every value of l, there is a fundamental spheroidal

mode 0Sl and an infinite number of overtones
nSlðn ¼ 1; 2; . . .Þ. From Equation 19, it can be verified
that (curl u)r = 0 . On puttingCðrÞ ¼ PðrÞ Yml; and using
Equations 18 and 19, Equations 16 and 17 can be
transformed into a set of four ordinary differential equa-
tions of the second order in U, V, W, and P. One of these
is an equation in W alone and corresponds to the toroidal
oscillations. The remaining three equations are coupled
in U, V, and P, and correspond to the spheroidal oscilla-
tions. These equations are awkward for numerical integra-
tion, because one needs to evaluate the derivatives of
empirically determined quantities lðrÞ;mðrÞ; and rðrÞ in
order to obtain the coefficients. This can be formally obvi-
ated by converting these equations into an equivalent
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set of eight linear differential equations of the first
order which are free from the derivatives of l; m; and r.
Out of these eight equations, two correspond to the toroi-
dal oscillations and the remaining six to the spheroidal
oscillations. We can thus express the equations governing
the free oscillations of an SNREI Earth model in the form
(Singh, 1992)

dY
dr

¼ AðrÞY ; (20)

where Y is an (N�1) columnmatrix and A(r) is an (N�N)
square matrix. The number N depends upon the kind of
oscillations and the nature of the medium (Table 3).

From Equations 17 and 18, we have the following
radial equation for the toroidal oscillations

m
d2W
dr2

þ 2
r
dW
dr

� �
þ dm

dr
dW
dr

�W
r

� �

þ ro2 � l l þ 1ð Þ
r2

m
� 	

W ðrÞ ¼ 0:

(21)

This equation involves dm=dr. Numerical evaluation of

the derivative of the empirically determined mðrÞ can be
avoided by defining y1 ¼ W ; y2 ¼ m d

dr � 1
r


 �
y1.

The differential equation of the second order (21) is
equivalent to two differential equations of the first order:

dy1
dr

¼ y1
r
þ y2

m
;

dy2 
 � mh i 3

dr

¼ l2 þ l � 2
r2

� ro2 y1 � r
y2: (22)

For spheroidal oscillations, the set of six linear differen-

Free Oscillations of the Earth, Table 4 Fundamental
mode (n = 0) eigenfrequencies ( f ¼ 1=T ¼ o=2p), in mHz
(10�3 cycles per second), for PREM (preliminary reference Earth
model). The corresponding mean observed frequencies are also
shown
tial equations of the first order is obtained by defining

y1 ¼ U ; y2 ¼ lþ 2mð Þ dU
dr

þ 2l
r
U � l

l l þ 1ð Þ
r

V ;

1 dV
� �
Toroidal Spheroidal

Computed Observed Computed Observed
y3 ¼ V ; y4 ¼ m
r

U � Vð Þ þ
dr

;

dP

l frequencies frequencies frequencies frequencies

2 0.37917 0.37970 0.30928 0.30945
y5 ¼ P; y6 ¼ dr
� 4pGrU : (23)

In the case of the liquid core, m ¼ y ¼ 0 and
 3 0.58616 0.58630 0.46856 0.46850
4
Free Oscillations of the Earth, Table 3 Value of the number N
indicating the order of the differential system

Oscillations Medium Gravity N

Toroidal Solid No effect 2
Spheroidal Solid Yes 6
Spheroidal Liquid Yes 4
Spheroidal Solid No 4
Spheroidal Liquid No 2
Radial Solid Yes 2

4
5
6
7
8
9
10
15
20
30
40
50
10
15
y3 ¼ 1
ro2

gy1 � y2
r
� y5

� �
: (24)

Explicit expressions for the elements of the matrix A (r)

have been given by Singh (1992).

Equation 20 subject to an appropriate set of homoge-
neous boundary conditions can be integrated by the
Runge–Kutta method. For a given SNREI Earth model
lðrÞ; mðrÞ and rðrÞ and given l, there is a discrete set of
values of o for which the boundary conditions are satis-
fied. We denote this set by oi (eigenfrequencies) and the
corresponding displacements by ui. The index i signifies
the normal mode. Each i stands for a triplet (l, m, n) of
numbers; l being the colatitudinal mode number, also
known as the angular order (l � 0); m, the azimuthal
mode number (–l�m� l); and n, the radial mode number
(n� 0). The numbers l,m, n describe the manner in which
the displacement field depends upon the colatitude, the
azimuth, and the radial distance, respectively. However,
because of the spherical symmetry, the eigenfrequencies
are degenerate in m (i.e., oi are independent of m). This
degeneracy is removed when the rotation of the Earth, its
ellipticity or lateral heterogeneity is taken into account.

The spherical harmonic

Pl
m cos yð Þ cosmf; sinmfð Þ

from which the eigenfunctions are derived has (l-|m|)
nodal latitude lines and 2|m| nodal longitude lines on the
surface of the Earth. The value of m depends upon the
source exciting the oscillations.

Table 4 compares the eigenfrequencies computed for
PREM (preliminary reference Earth model (Dziewonski
0.76566 0.76593 0.64707 0.64682
0.92824 0.92845 0.84042 0.84002
1.07883 1.07913 1.03822 1.03755
1.22070 1.22115 1.23179 1.23105
1.35611 1.35660 1.41351 1.41285
1.48661 1.48707 1.57828 1.57755
1.61326 1.61367 1.72647 1.72560
2.21034 2.21116 2.34638 2.34495
2.77667 2.77759 2.87837 2.87795
3.88175 3.88290 3.81552 3.81480
4.97942 4.98070 4.71010 4.70840
6.07699 6.07900 5.61073 5.61030

0 11.56366 11.58500 10.24285 10.28900
0 17.01277 17.03500 14.99560 15.11000
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and Anderson, 1981)) with mean observed frequencies.
The computed eigenfrequencies are obtained from the
website (http://stuplots.geophys.uni-stuttgart.de/�plots/
Modes/modes.html). In this website, the eigenfrequencies
and eigenfunctions can be computed for PREM and three
other Earth models for 0� n< 50, 0� l< 200, using the
FORTRAN program MINOS written by Drs.
Freeman Gilbert and Guy Masters. The mean observed
frequencies are taken from the website (http://igppweb.
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even values of l = 2, 4, . . ., 30 have been plotted. For the sake of cla
of l have been joined by continuous curves. However, the interven
ucsd.edu/�gabi/rem.dir/surface/rem.surf.html). The
agreement between the computed and observed values is
excellent.

The eigenfrequencies of the toroidal oscillations com-
puted for PREM are shown in Figure 1 as functions of
the angular order l for the fundamental mode n = 0 and
the first five overtones n = 1–5. The corresponding
eigenfrequencies of the spheroidal oscillations are shown
in Figure 2.
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Effect of the rotation of the Earth
As mentioned earlier, the eigenfrequencies of
a spherically symmetric, nonrotating, elastic, isotropic
Earth model are degenerate in the azimuthal mode num-
ber m. The introduction of the rotation removes this
degeneracy. The effect of the diurnal rotation of the Earth
can be calculated by carrying out a first-order perturba-
tion calculation. Let V denote the uniform angular veloc-
ity of the Earth about its center. Assume that the observer
is referred to a non-inertial frame, which, for all times,
maintains a state of uniform rotation with angular veloc-
ity V. Let x1; x2; x3ð Þ be a Cartesian coordinate system in
this uniformly rotating frame of reference, let the origin
of the system coincide with the center of the Earth, and
let e3 be aligned along the axis of rotation, so that
V ¼ Oe3.

The rotation of the Earth introduces two body forces.
One of them is the centrifugal force r sin yO2 perpendicu-
lar to and away from the axis of rotation. The other
force introduced by the rotation is the Coriolis force,
which, per unit mass, is equal to 2O @u=@tð Þ � e3.

Assuming O=nol << 1 (the highest value of
O=nol ’ 1=27Þ and carrying out a first-order perturbation
calculation, it can be shown that (Ben-Menahem and
Singh, 1981; p. 390)

nom
l ¼ nol þ mtO;�l � m � l; (25)

where

nol ¼ eigenfrequencies of a nonrotating Earth model
nom

l = eigenfrequencies of the corresponding rotating
Earth model.
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provided by the superconducting gravimeter at the Black Forest Ob
the 0S3 multiplet into seven singlets. The vertical dashed lines indic
spherically symmetric Earth model PREM, including the effect of th
available by Dr. Rudolf Widmer-Schnidrig of BFO who holds the co
The splitting parameter

t ¼ 1
l l þ 1ð Þ (26)

for the toroidal oscillations, and

t ¼

Ra
0

2U þ Vð ÞVrr2dr
Ra
0
U 2 þ l l þ 1ð ÞV 2½ �rr2dr

(27)

for the spheroidal oscillations, where a is the radius of the
Earth; U and V are defined in Equation 19.

Therefore, for both toroidal and spheroidal oscillations,
the degenerate eigenfrequency nol is resolved by a slow
rotation of the Earth into (2l + 1) frequencies
nom

l �l � m � lð Þ. The set of (2l + 1) spectral lines for
a given (l, n) is called a mode multiplet and each member
of this set is called a singlet. For the toroidal oscillations
the splitting parameter l l þ 1ð Þ½ ��1 does not depend
upon the Earth model. However, in the case of the spheroi-
dal oscillations, t depends upon the Earth model. The
splitting of the terrestrial spectral lines is the
elastodynamic analogy of the splitting of atomic spectral
lines by a magnetic field discovered by Zeeman in 1896.

Figure 3 shows the Zeeman splitting of the fundamental
spheroidal mode of the third order 0S3 observed in the
Fourier spectrum of the gravimeter record of the February
27, 2010, Maule (Chile) earthquake. The time series is
400-h long and the effect of local barometric fluctuations
has been removed. The rotation of the Earth removes
the degeneracy of the multiplet; six out of seven singlets
0.480.47

−1 1 2 30

ency (mHz)

PREM

ebruary 27, 2010, Maule (Chile) earthquake (Mw = 8.8) record
servatory (BFO). The rotation removes the degeneracy and splits
ate the theoretically predicted frequencies of the singlets for the
e rotation of the Earth and hydrostatic flattening. (Figure made
pyright.)
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can be clearly identified. The singlet corresponding to the
azimuthal mode number m = 0 is missing because either
the source or the receiver is located on a nodal line of the
mode.

The ellipticity of the Earth also removes the degeneracy
giving (Dahlen, 1968)

nom
l ¼ not 1þ e bþ m2c


 �� 
(28)

to first order in ellipticity e, where b = b (n, l), c = c (n, l).
Thus the ellipticity splits the degenerate eigenfrequency
nol into (l + 1) lines nom

l 0 � m � lð Þ.
Other departures from symmetry, e.g., lateral inhomo-

geneity, anisotropy and initial stress, have the same effect
of removing the degeneracy.

Jeans’ formula
The complete seismic field induced by a point source in an
SNREI Earth model can be expressed as an infinite sum of
normal modes. However, we know from seismogram
analysis that most of the recorded Earth motion can be
explained in terms of propagating waves. Therefore, there
must exist a relationship between these two seemingly dif-
ferent aspects of seismic wave motion.

Consider a general term in the normal-mode solution
expressed by Equations 18 and 19. The factor of this term
which depends upon the time and the colatitude is deriv-
able from

Pm
l cos yð Þ exp iotð Þ; (29)

where o ¼ nol is an eigenfrequency. Replacing the
Legendre function by its asymptotic approximation for
large values of l, this factor becomes

�lð Þm 1

2pl sin y

� �1=2

exp i ot � l þ 1=2ð Þyþ p
4
� mp

2

h in oh

þ exp i ot þ l þ 1=2ð Þy� p
4
þ mp

2

h in oi
:

(30)

The first term describes a wave motion of frequency o

diverging from the pole y ¼ 0, whereas the second term
describes a wave motion diverging from the antipode
y ¼ p.

In cylindrical coordinates, a wave diverging from the
axis may be expressed in the form

exp i ot � kDð Þ½ �; (31)

where k is the wave number. Putting D ¼ ay and compar-
ing Equations 30 and 31, we get Jeans’ formula (Jeans,
1923):

l þ 1
2
¼ ka l >> 1ð Þ:

This formula tells us that, if l is large, every mode

of oscillation can be interpreted as a traveling
wave whose parameters are functions of l and n and are
given by
T ¼ 2p
o

; c ¼ ao
l þ 1

2

;L ¼ 2pa
l þ 1

2

; (32)

where T is the period of the oscillation, c is the phase
velocity, and L is the associated wavelength. These rela-
tions are found to yield a good approximation for l � 7.
The connection between the free oscillations and traveling
waves (mode-ray duality) has been studied by Jeans
(1923), Ben-Menahem (1964), Brune (1964), and others.

Jeans’ formula can be used to determine the eigenfre-
quencies from the observed dispersion data, and then the
normal-mode formalism can be used to find the elastic
properties of the Earth.

Conclusions
We have described how to compute the eigenperiods of an
SNREI Earth model. Modifications due to lateral inhomo-
geneity, anisotropy, and initial stress can be found by per-
turbation methods (Woodhouse and Dahlen, 1978). The
eigenperiods of different modes of vibration are increased
by the anelasticity of the Earth. In addition, anelasticity
results in the decay of the amplitudes of the free oscilla-
tions with time. Necessary allowance for anelasticity can
be made while constructing Earth models using normal-
mode theory (Dziewonski and Anderson, 1981).

The study of the free oscillations of the Earth played
a leading role in the development of geophysical inverse the-
ory in the late 1960s (Backus and Gilbert, 1967, 1968, 1970)
and 1970s. This theory enables us optimal extraction of
information regarding the internal constitution of the Earth
from a finite set of gross Earth data (Wiggins, 1972). Com-
prehensive exposition of the inverse theory has been given,
amongst others, by Tarantola (1987) and Parker (1994).
Dahlen and Tromp (1998) gave a comprehensive treatment
of the problem of computing synthetic seismograms for
a realistic three-dimensional model of the Earth, using
normal-mode summation technique.

Major discoveries based on the observations of the
Earth’s free oscillations are (in chronological order):

1. Finite rigidity of the inner core (Dziewonski and
Gilbert, 1971)

2. 1D density distribution inside the Earth (Gilbert and
Dziewonski, 1975; Masters and Gubbins, 2003)

3. Construction of PREM (preliminary reference Earth
model) by Dziewonski and Anderson (1981)

4. Construction of first global 3D upper mantle velocity
model (Masters et al., 1982)

5. Construction of 1D attenuation model (e.g., Masters
and Gilbert, 1983)

6. Tight upper bound on the maximum differential super
rotation of the inner core (e.g., Laske and Masters, 1999)

Free oscillations of the Earth are typically observed after
a large earthquake. Recently, continuous free oscillations of
the Earth (primarily fundamental spheroidal modes between
2 and 7 mHz) have been discovered (Suda et al., 1998;
Tanimoto, 2001). Observational evidence points to the
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atmosphere (e.g., Kobayashi and Nishada, 1998) and oceans
(e.g., Rhie and Romanowicz, 2004) as possible sources of
excitation of these oscillations. Stochastic excitation of nor-
mal modes by surface pressure variations, caused by atmo-
spheric and/or oceanic turbulence, may explain the overall
amplitudes of observedmodes of the continuous free oscilla-
tions of the Earth.
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Definition
Geodesy is the discipline that deals with the measurement
and representation of the Earth, its gravity field, and
geodynamic phenomena (polar motion, Earth tides, and
crustal motion) in three-dimensional time-varying space.

“Figure of the Earth” in geodesy most commonly deals
with the representation of the external geometry of the
Earth, without going into the causal mechanisms.

Background
The shape of the Earth has always been speculated upon –
historical accounts of sailors record that they feared falling
off the edge of the Earth if they sailed too far. Early ideas
about the Figure of the Earth held the Earth to be flat and
the heavens a physical dome spanning over it. Two early
arguments for a spherical Earth were that lunar eclipses
were seen as circular shadows that could only be caused
by a spherical Earth, and that the pole star is seen lower
in the sky as one travels south.

The flat disk advocated by Homer (in the ninth century
B.C.) later gave way to the spherical body postulated by
Pythagoras (in the sixth century B.C.) – an idea supported
100 years later by Aristotle (384–322 B.C.). According to
old texts, the first geodetic experiment took place around
250 B.C. by Eratosthenes (about 284–192 B.C.) in Egypt.
Eratosthenes noted that the Sun on the summer solstice
day at Syene (close today to Assouan) was at the zenith
while its zenithal distance at Alexandria (approximately
on the same meridian) was recorded as 7�120. By knowing
the geometrical distance between Syene and Alexandria
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
thanks to a cadastre performed by Ptolemy Soter (about
360–283 B.C.), he deduced, the length of the terrestrial
circumference as 40,500 km. Later Hipparchus (in the sec-
ond century B.C.) recommended the use of latitudes and
longitudes for cartography (in agreement with its Greek
etymology).

The great Indian mathematician Aryabhata (476–550
A.D.) described the Earth as being spherical and rotating
on its axis. He estimated the circumference of the Earth,
accurate to 1% of today’s measurement. The medieval
Persian geodesist Abu Rayhan Biruni (973–1048 A.D.)
is sometimes regarded as the “father of geodesy” for his
significant contributions to the field. He solved complex
geodesic equations based on spherical trigonometry in
order to accurately compute the Earth’s circumference
and radius, which are very close to modern values.

Mathematical Figures of the Earth
The actual shape of the Earth consisting of its topographic
surface with its variety of landforms and water areas is not
suitable for mathematical representations because the
formulas that would be required to take these features
into account would necessitate a prohibitive amount of
computations. The Pythagorean concept of a spherical
Earth offers a simple surface, which is mathematically
easy to deal with. Many astronomical and navigational
computations use it as a surface representing the Earth.
While the sphere is a close approximation of the true
Figure of the Earth and satisfactory for many purposes,
to the geodesists interested in the measurement of long
distances – spanning continents and oceans – a more
exact figure is necessary. In the mid- to late twentieth
century, research across the geosciences contributed to
drastic improvements in the accuracy in the description
of the Figure of the Earth.

The concept of a perfectly spherical Earth was eventu-
ally refined by Sir Isaac Newton based on his theory of
90-481-8702-7,
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gravity, deriving that the Earth would not be perfectly
spherical but slightly squashed at the poles and bulging
at the Equator due to the forces acting upon it as it spins.
Mathematically, this shape is described as an oblate spher-
oid or as an ellipsoid of revolution (Figure 1), an oval that
revolves about its shortest dimension. This shape is most
commonly used for exact measurements over long
distances, across continents or oceans. Closer approxima-
tions utilize spherical harmonics for whole Earth shape or
local approximations in terms of local reference ellipsoids.
The idea of a planar or flat surface for Earth, however, is
still acceptable for surveys of small areas where local
Rp

RE

q

Geodesy, Figure of the Earth, Figure 1 An oblate spheroid
(black) superimposed on sphere (cyan); RP is the polar radius
6,357 km and RE is the equatorial radius 6,378 km. y is the
latitudinal angle.

Geodesy, Figure of the Earth, Figure 2 Geoid undulations derived
[from http://upload.wikimedia.org/�]; the greatest departure of th
This is very small compared with undulations of the land surfaces o
ocean floors.
topography is more important than the curvature. For such
small areas, exact positions can be determined relative to
each other without considering the size and shape of the
whole Earth.

Another method estimates the Earth’s surface
using mean sea level of the ocean with all continents
removed – this surface is equivalent to an equipotential
surface and is called the Geoid. Due to variations in the
Earth’s mass distribution (oceans and land), the Geoid
has an irregular shape that is described as “undulating.”
The ellipsoid of revolution mentioned above, is
a mathematical approximation of the Geoid. The Geoid,
unlike the ellipsoid, is so far deemed to be too complicated
to serve as the computational surface on which to solve
geometrical problems like point position. The separations
between the two, referred to as Geoid undulations, Geoid
heights, or Geoid separations, are irregular. The Geoid
undulations over a spherical Earth are shown in Figure 2,
where the red colored areas indicate positive deviations
of the Geoid from the ellipsoid and the blues indicate neg-
ative deviations of the Geoid from the ellipsoid. Many of
these deviations have obvious spatial correlations with
surface expressions of substantial topographic features,
which in turn indicate significant geodynamic activity.
However, there are also undulations that do not bear such
relations and the causal mechanisms remain to be
established. An equipotential ellipsoid or level ellipsoid
is an ellipsoid that is defined to be an equipotential sur-
face. When an ellipsoid of revolution (semimajor axis a,
semiminor axis b, flattening (a�b)/a) is defined, it can
be made an equipotential surface of normal gravity poten-
tial, determined by means of the ellipsoidal surface, the
enclosed mass, and the angular velocity (independently
of the internal density distribution). The equipotential
from observed gravitational satellite orbit perturbations
e Geoid from ellipsoidal form is a 105-m low south of India.
r the 5-km mean difference in level between continents and
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ellipsoid furnishes a simple, consistent, and uniform refer-
ence system for all purposes of geodesy and does not
include an atmosphere.

The possibility that the Earth’s equator is an ellipse
rather than a circle and therefore the ellipsoid is triaxial
has been a matter of scientific controversy for many years.
Modern technological developments have furnished new
and rapid methods for data collection and orbital data from
satellites have been used to investigate the theory of ellip-
ticity. A second theory proposes that observed long period
orbital variations of the early Earth satellites indicate an
additional depression at the South Pole accompanied by
a bulge of the same degree at the North Pole. It is also
contended that the northern middle latitudes were slightly
flattened and the southern middle latitudes bulged
by a similar amount. This concept suggested a slightly
pear-shaped Earth (Figure 3). Modern geodesy tends to
retain the ellipsoid of revolution and treat triaxiality and
pear shape as a part of the Geoid figure: They are
represented by the spherical harmonic coefficients C22,
S22, and C30, respectively, corresponding to degree and
order numbers 2,2 for the triaxiality and 3,0 for the
pear shape.

Apart from rotation, there are other motional forces,
which affect the shape of the equipotential surface. Preces-
sion is the effect of external torque exerted on the Geoid
causing the spin axis to describe a circular cone. This
motion is caused by the gravitational attraction of other
celestial masses, particularly the sun, moon, and planets.
Precession arises because of the ellipticity of the Geoid,
with torque exerting on the equatorial bulge, in combina-
tion with the obliquity of the axis of rotation in relation
to the plane of revolution (the ecliptic and fixed, heliocen-
tric space). The period of precession is presently about
25,780 years.
Geodesy, Figure of the Earth, Figure 3 Concept of a pear-
shaped Earth, from www.icsm.gov.au/mapping/�.
Polar Motion is the change in the position of the axis of
rotation in relation to the surface of the Geoid, which was
observed by five stations near latitude 39.1333� N, which
began observations in 1899. The Conventional Interna-
tional Origin is defined as the mean position of the instan-
taneous pole during the period 1900–1905. Secular Polar
Motion is the drift in the pole position thought to be due
to tectonic movement. Seasonal Polar Motion is
a fluctuation with an annual period with considerable fluc-
tuation in amplitude ranging from 1.3 to 3.7 m.

Determining the exact Figure of the Earth is not only
a geodetic operation or a task of geometry, but is also
related to geophysics. Without any idea of the Earth’s
interior, we can state a “constant density” of 5.515 g/cm³
and, according to theoretical arguments such a body
rotating like the Earth would have a flattening of 1:230.
In fact the measured flattening is 1:298.25, which is more
similar to a sphere and a strong argument in favor of very
compact Earth’s core. Therefore the density must be
a function of the depth, reaching from about 2.7 g/cm³ at
the surface to approximately 15 g/cm³ within the inner
core. With increasing accuracy of the measured global
gravity field from dedicated satellite missions, it
is observed that the true vertical generally does not corre-
spond to the theoretical vertical (deflection ranges from 200
to 5000) because topography and all geological masses
disturb the gravitational field. Therefore the gross struc-
ture of the Earth’s crust and mantle can be determined
by geodetic–geophysical models of the subsurface.
Reference coordinate system
Description of the shape and size of the Earth as well as
measurement of distances on its surfaces and definitions
of position locations of any particular point inevitably
depends upon the use of a Reference Coordinate System.
Reference ellipsoids are customarily expressed by the size
of the semimajor axis (a) and flattening (f ). The quantity
f is a purely mathematical one. The mechanical ellipticity
of the Earth (dynamical flattening) is determined by obser-
vation and differs from the geometrical because the Earth
is not of uniform density. The 1967 Geodetic Reference
System posited a 6,378,160 m semimajor axis and
1:298.247 flattening. The 1980 Geodetic Reference Sys-
tem posited a 6,378,137 m semimajor axis and
1:298.257 flattening. This systemwas adopted at the XVII
General Assembly of the International Union of Geodesy
and Geophysics (IUGG).

The World Geodetic System 84 (WGS 84) is the stan-
dard for use in cartography, geodesy, and navigation. It
comprises a standard coordinate frame for the Earth,
a standard spheroidal reference surface (the datum or
reference ellipsoid) for raw altitude data, and
a gravitational equipotential surface (the Geoid) that
defines the nominal sea level. Presently WGS 84 uses
the 1996 Earth Gravitational Model (EGM96) Geoid,
revised in 2004. This Geoid defines the nominal sea-level
surface by means of a spherical harmonics series of degree
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360 (which provides about 100-km horizontal resolution).
The deviations of the EGM96 Geoid from the WGS 84
reference ellipsoid range from about �105 m to about
+85 m.

International Terrestrial Reference System (ITRS)
was defined by the IUGG in 1991 as a geocentric
nonrotating system identical to the International
Astronomical Union (IAU) defined Geocentric Reference
System with Geocentric Coordinate Time (TCG).
Conventional Terrestrial System (CT) is geocentric and
references north to the 1900–1905mean pole and 0� longi-
tude to Greenwich Observatory. Terrestrial coordinate
systems are earth-fixed and spin and revolve with the
Earth. Terrestrial Reference System (TRS) is a spatial
reference system corotating with the Earth in space, with
positions of points attached to the solid surface of
the Earth having coordinates that undergo only small
variations with time, due to geophysical, tectonic, or tidal
deformations.

Nowadays the realizations of the fundamental reference
system supported by the International Association of
Geodesy, the ITRF, (International Terrestrial Reference
Frame with the year of realization, at present the ITRF
2008) are very strongly recommended to be used in pre-
cise geodesy, for geosciences applications and for
navigation satellite systems. Fortunately, the choice of
fundamental parameters of WGS 84 was made in the
beginning (in the 1980s) as close as possible to the ITRF
(at this time defined by the BIH – the Bureau International
de l’Heure). As a result, within 1 m there is no difference
between what is defined as WGS 84 and the ITRF 2008,
the latest international realization with a centimeter level
of accuracy.
Datum
A datum is a framework that enables us to define coordi-
nate systems. Definition of datum has improved consider-
ably with advancements in measurement techniques
through technology.

Traditional Geodetic Datum: To describe positions on
the Earth accurately, traditionally two datum were
required: a horizontal datum and a vertical datum.

Horizontal Datum: A horizontal datum is used to fix
a position in the X and Y directions. A horizontal datum
was traditionally defined using an ellipsoid and an origin.
The ellipsoid was generally chosen for a best fit of the
Geoid locally.

Vertical Datum: A Vertical Datum is used to fix
a position in the vertical direction, up and down the Z-axis.
A vertical datum is a line, value, or set of values from
which heights are measured.

The International Terrestrial Reference Frame (ITRF) is
defined by the International Terrestrial Reference System
and the Datum consistent with it and is based on
a number of very accurate observations all over the Earth,
employing Very Long Baseline Interferometry (VLBI),
Satellite Laser Ranging (SLR), Lunar Laser Ranging
(LLR), and the Global Positioning System (GPS) tech-
niques. The measurements relate to a 3D Earth-centered
Cartesian coordinate system. In changing to this Geocen-
tric Datum, the Global Positioning System [GPS] can be
most effectively used.
Summary
Geodesy, Figure of the Earth outlines the basic parameters
by which the shape of the Earth is defined. The Earth
being a system in dynamic equilibrium, is under the influ-
ence of many forces, all of which contribute to its final
structure and thereby its detailed shape. The subject of
Geodesy has evolved sufficiently technologically and
mathematically to take into account the details of the
Earth’s shape as well as the physics of the causal
mechanisms.
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Definition
Geodesy. Science for the determination and representation
of the figure, shape, size of the Earth and of other celestial
bodies along with their external gravity field as a function
of time.
Positioning. Determination of coordinates for points on
earth, sea, or space with respect to a reference system.
Ground positioning. Determination of terrestrial
coordinates.
Leveling. The determination of heights of points with
respect to a reference surface.
Introduction
Geodesy, along with Astronomy, is considered the oldest
earth science, and dates back to the Sumerians of 5,000
years ago. The word “geodesy” is composite and is
derived from the Greek noun «GZ = earth» and the verb
«daίo = divide». It is, literally, the science used to “divide,
distribute, and measure the Earth.” The roots of geodesy
can be found in ancient Egypt and Babylon where “the
geometry of the Earth” was used for the recovery of the
land property boundaries, after, for example, the flooding
of crops by the Nile River. The word “Geodesy” appeared,
for the first time, in the fourth century BC in Aristotle’s
bookMetaphysika. Before Aristotle, “geodesy”was called
the “geometry of the Earth.” Ancient Greeks and Romans
were the first to invent geodetic or surveying instruments
for constructing roads, buildings, and tunnels, laying
water pipes, culverts, land surveying, etc. Great scientists
such as Pythagoras, Aristotle, Eratosthenes, Poseidonius,
W. Snellius, J. Picard, Newton, Gauss, Cassini, and many
others contributed to geodesy, surveying, high precision
leveling and mapping.

Today, geodesy is the science of accurately measuring
and understanding (1) the geometric size, shape, and ori-
entation of the Earth, (2) its gravitational field, and
(3) the variations of these quantities over time (Torge,
2001; Herring, 2010). The development of geodesy goes
together with spectacular achievements in the fields of
astronomy, mathematics, probability and statistics, phys-
ics, map projections, fast computing, etc. As a first
approximation, “geodesy” can be considered as the sci-
ence of measuring distances or heights between terrestrial
objects, or measuring angles between lines and determin-
ing directions of lines for the establishment of coordinates
of points on or near the earth’s surface. This is also called
ground positioning or surveying.

One of the main tasks of geodesy is positioning. This is
the accurate determination of coordinates of points on the
earth’s surface, at sea, or in space with respect to a refer-
ence system (McCarthy and Petit, 2003). Positioning can
be divided into absolute positioning, where coordinates
are determined with respect to an inertial reference system,
and into relative positioningwhen coordinates are derived
with respect to other reference points on Earth. Positioning
constitutes essential information for mapping, cadastral
surveys, highway and dam construction, earthquake and
landslide monitoring, geodetic control networks, crustal
and structural deformation, etc.

Ground positioning has traditionally been carried out
using measurements of distances, and angles (and or
directions) between terrestrial lines with theodolites and
measuring tapes (Anderson andMikhail, 1997). Later, dis-
tances have been measured by other equipment using the
electromagnetic radiation. Over the last two decades, the
methods and instruments for measuring, acquiring, stor-
ing, calculating, reducing, and portraying geodetic ground
positioning data have changed dramatically. New types of
geodetic measurements, along with the traditional ones,
are now being made with total electronic geodetic stations,
terrestrial laser systems, inertial systems, ground-based
radar interferometers, terrestrial wireless positioning sys-
tems, precise underwater positioning systems, and finally
with the space-based systems such as the Global Naviga-
tion Satellite Systems (Kaplan and Hegarty, 2005).

Geodetic leveling is the precise determination of height
difference between two or more points on the earth’s sur-
face. It ultimately aims at the determination of the height
above a reference surface, usually the mean sea surface.
Again in leveling, the ancient Egyptians and the
Babylonians were the first to employ it to connect the Nile
River with the Red Sea and to apply leveling for irrigation.
In the following sections, the geodetic ground positioning
and leveling will be briefly elaborated.

Ground positioning
The primary purpose of ground positioning is to provide
coordinates of points on the earth’s surface based either on
(1) the astronomic determination of latitude, longitude, and
azimuth of a terrestrial line or (2) the observation of horizon-
tal angles, distances, zenith angles, and height differences.

A horizontal angle is defined as that angle measured in
the horizontal plane of the observer between two vertical
planes. The horizontal plane is the tangent plane to the
equipotential surface of the gravity field at the point of
observation. In early geodetic surveys, painstaking efforts
were employed to accurately measure angles and dis-
tances. Angles were – and are still to this day – measured
using theodolites and the distances were measured using
tapes made frommetal having a low coefficient of thermal
expansion. Later, electronic instruments were used for
measuring angles and distances.

Electromagnetic distance measuring devices have been
used to determine the distance between geodetic stations
on the ground. Electromagnetic pulses are transmitted to
a retroreflector (or even to the terrain target) and the emit-
ted signal finally returns to the instrument. Intervisibility
requirements and attenuation of the signal, mainly due to
the atmosphere, allow measurements to be made at ranges
up to about 50 km; but the best results are obtained at
shorter distances with an accuracy even higher than
0.1–0.3 mm over 100 m.

Point coordinates have thus been established by
a process of triangulation, trilateration or traverse surveys.
Triangulation is the process of determining the relative
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positions of a network of control points (Anderson and
Mikhail, 1997) on the ground by theodolite measurements
of directions or angles between intervisible stations
(Figure 1). Angles have beenmore easilymeasured, as com-
pared to distances, particularly when large distances over
mountainous and rugged terrain were involved. As the
name implies, triangulation employs horizontal angles and
a limited number of lengths – called geodetic baselines –
of connected triangles to determine trigonometrically the
positions of stations (vertices of triangles). Triangles have
been the simplest geometric figures that permit rigorous
checks and adjustments of field observational errors. To
compensate for the errors in the measurements, triangula-
tion networks are adjusted mainly using the method of least
squares. This method not only yields the final and adjusted
coordinates of the vertices of the triangles but also gives
their coordinate accuracies (Teunissen, 2000;Ghilani, 2010).

Trilateration is similar to triangulation process and
again aims at the relative determination of positions using
triangles, but now with their lengths measured by electro-
magnetic radiation with electronic instruments (Figure 2).
Finally, traverse surveys consists of measurements of both
horizontal (and vertical) angles at the traverse stations and
distances along a series of connected lines on the ground.
A
B

1

2

9

Known parameters:
 1. Geodetic baseline
 2. Latitude and Long
 3. Azimuth of length 
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 All horizontal angles

What is finally compu
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Geodesy, Ground Positioning and Leveling, Figure 1 An example
measured, while all angles in the formed triangles are observed.
Unlike triangulation and trilateration, in which stations are
commonly widely separated (e.g., 20–60 km), traverse
surveys generally follow routes of highways, railways
etc., with stations located close together (i.e., a few hun-
dred of meters). The coordinates of these traverse stations
are computed using basic trigonometric expressions as
shown in Figure 3.

Astronomic azimuths are used to determine the orienta-
tion of the network with respect to the ellipsoid. The astro-
nomic azimuth is the angle in the observer’s local
horizontal plane between the astronomic meridian and
the vertical plane passing through the target point. Two
coordinates, the geodetic latitude and longitude of each
station of the network are then computed on this ellipsoid.
The third coordinate of height above the reference ellip-
soid is determined either from leveling and gravity data
or from vertical angles.

All these geodetic measurements as well as other types
(e.g., distance differences) are being made, today, by total
geodetic stations, terrestrial laser systems, inertial sys-
tems, ground-based radar interferometry, wireless posi-
tioning, etc.

New kinds of theodolite measurement systems do not
require a target and/or reflector to be monitored. They
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Known parameters:
 1. Geodetic baseline AB,
 2. Latitude and longitude of stations A and B,
 3. Azimuth of line AB.

Measurements:
 All distances to all inter-visible sites (stations).

What is finally computed:
 1. Angles and distances for all formed triangles,
 2. Latitude and longitude for all stations,
 3. Azimuth of all lines.
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Geodesy, Ground Positioning and Leveling, Figure 2 A trilateration network where the azimuth of the baseline AB is determined to
orient the network with respect to the north and all sides of the formed triangles are observed.
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are able to measure point coordinates without targeting the
object to be observed (Kahmen and Rieterer, 2004). Such
systems use the texture on the terrestrial surface or of an
object to locate “points of interest” to make angle and dis-
tance measurements. However, these new instruments
require well-trained personnel to operate them.

Terrestrial laser scanners (Froehlich and Mettenleiter,
2004) can also provide detailed and highly accurate three-
dimensional coordinates of terrestrial points rapidly and effi-
ciently. Some scanners are suitable for indoor use and
medium ranges (up to 100m), while others are better for out-
door applications with longer ranges. Most systems use
a laser beam, emitted by the instrument, which is directed
into different directions, through a mechanical deflection
mirror, to a number of reflective surfaces on the ground.
The deflected laser light is detected and the instrument mea-
sures the time of flight for long ranges, and the phase
measurement of the reflected signal, for medium ranges.
For various scanning rates and/or a vertical scan angles up
to 90�, the deflection mirror rotates continuously at adjust-
able speed and records target range, angle, signal amplitude
and time. Some terrestrial laser scanners incorporate
a camera to also capture a picture of an object being scanned.
The accuracy of distance measurements is of the order
of �1 cm, but this primarily depends on the intensity of
the reflected laser light and on the reflectivity of the target
surface. Terrestrial laser scanners have been used to charac-
terize the kinematics of the landslide ground surface, by eval-
uating the involved displacement and deformation patterns.
They have also been applied in surveying, mining, construc-
tion surveying, architecture, archaeology applications, as
well as deformation monitoring, etc.

The standard wireless (i.e., Wi-Fi and the Ultra-Wide
Band) networks employ a number of transmitters on the
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Closed traverse

Known parameters:
 1. Latitude and longitude of point A,
 2. Azimuth of line AB.

Measurements:
 1. The distances between all traverse stations
 2. Interior angles at each traverse station.

What is finally determined:
 1. Cartesian coordinates for all stations,
 2. Azimuth for all lines in the traverse.

Geodesy, Ground Positioning and Leveling, Figure 3 An example of a closed traverse. The geographic coordinates as well as
the azimuth of the initial point A, with respect to point B, are known. Then the exterior (or interior) angles at each traverse station are
observed along with the inter-station distances. The Cartesian coordinates for all stations of the traverse and the azimuths for all
lines are determined using simple trigonometry.
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ground and not only provide a way for finding the opti-
mum communication relay routes in an ad hoc network
of transmitters, but are also capable for ground position-
ing. The locations of the communication nodes (i.e., trans-
mitters) of these networks are known. Positioning is
achieved by measuring the time of arrival and the time dif-
ference of arrival for the communication signals. Thus,
the positional accuracy of a network user depends on the
ranging errors, the connectivity, and the available number
of mobile nodes. The developed Ultra-Wide Band systems
provide a dynamic three-dimensional accuracy of better
than 5 mm (Kuhn et al., 2009). They are, at present, used
for indoor wireless positioning, including robot tracking
and monitoring but future uses to geophysical applications
are soon to emerge.

Geodetic positioning techniques have also been
extended to underwater applications using acoustic rang-
ing to measure crustal deformation with centimeter level
accuracies at several thousand of meters depths (Gagnon
et al., 2005).

Another promising technique for geodetic positioning,
height mapping, and deformation monitoring, such as tec-
tonic seismic and volcanic deformation as well as ice and
rock-glacier motion and ground subsidence, is provided
by the ground-based interferometric radar systems
(Werner et al., 2008). These instruments use real aperture
radar antennas to illuminate a target area on the ground
(Figure 4). The antennas are mounted in parallel on a rota-
tional scanner. A radar image of the target area is formed,
line by line, by rotating the antennas in azimuth and in the
vertical axis. The range and the azimuth resolution of
these radars are determined by the antenna beam width
and the slant range. Phase differences (Cumming and
Wong, 2005) between successive images, acquired from
the same viewpoint, are used to determine line-of-sight
displacements better than 1 mm. These instruments are



Geodesy, Ground Positioning and Leveling, Figure 4 A ground-based interferometric radar system to monitor deformation.
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used for monitoring rapid moving landslides, and unstable
mine slopes, as well as for terrain mapping. They can
be used for short ranges from sensor to target (up to
1,000 m) to medium range applications (up to 4 km).
The resulted accuracies are of the order of �1 mm and
the entire observed area can reach up to thousands of square
meters, while the radar system measures the displacements
of all points in the area illuminated by the antenna.

Finally, space geodetic techniques are based on
processing signals received from earth orbiting satellites
to provide precise ground positioning and leveling
(Herring, 2010). These systems, called Global Navigation
Satellite Systems (GNSS), include the United States’
Global Positioning System (GPS), the Russian Global
Navigation System (Glonass), as well as the future ones
such as the European Galileo, the Chinese Compass, the
Indian Gagan, the Japanese Quasi-Zenith Satellite
System, etc. Although originally developed for military
and navigational purposes, new measuring and processing
techniques (Hofmann-Wellenhof et al., 2007; Leick,
2003) were developed to improve the originally designed
positioning accuracy of several meters. Today, these sys-
tems provide coordinates of ground locations at the milli-
meter level in the horizontal as well as in the vertical sense
(Blewitt, 2010) over larger distances of several tens or
hundreds of kilometers. In addition, they allow for three-
dimensional positioning, do not require interstation
visibility, their accuracy does not degrade with distance
significantly, and provide continuous (e.g., every 1 or
20 Hz) positioning with respect to a global reference
frame. In this vein, they have been applied for mapping,
precise ground positioning to monitor plate tectonics,
seismic and volcano ground deformation, etc.

The computational process, for all the above geodetic
positioning techniques, requires their reduction on
a reference surface, usually taken a flat horizontal surface
or the reference ellipsoid (McCarthy and Petit, 2003)
(Figure 5). In the flat horizontal surface the directions of
the plumline (and thus gravity vector) are considered par-
allel. The ellipsoid is the curved surface approximating the
size and shape of the earth and the Cartesian coordinate
system is usually an earth-centered reference system for
three-dimensional computations. Calculations involve
solving equations derived from solid geometry, calculus,
and statistics (Torge, 2001; Meyer, 2010).

The measured angles (directions) and distances are
projected along normals onto the reference ellipsoid. The
geodetic datum (McCarthy and Petit, 2003) is also defined
as that which enables accurate location of features on earth
through a mathematical model that describes the origin,
orientation, and scale of coordinate systems.
Leveling
Leveling is the general term applied to indicate the process
by which elevations of points or differences in elevation
between two or more points on the surface of the earth are
determined. Differences in elevation are determined by tap-
ing, differential leveling, barometric leveling, and indirectly
by trigonometric leveling. All height determinations require
the establishment of a vertical datum (Ihde et al., 2008), usu-
ally taken as the mean sea level. This is realized by relative
permanent objects on the ground, called benchmarks, whose
elevation above an adopted geodetic datum is known.

Differential leveling is accomplished by making mea-
surements to two or more points through a telescope. The
instrument’s telescope, with suitable magnification, is regu-
larly set horizontally with its line of sight being parallel to
the equipotential surface of the local gravity field.
A horizontal line of sight is established within the telescope
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by a level vial or automatic compensator. The basic proce-
dure is illustrated in Figure 6. A vertical measurement is
made to the backsight of a graduated rod, held on fixed
points, and is added to its height. Thus the height of the
leveling instrument is determined. A second measurement
is made to determine the height of the foresight rod. The
instruments can then bemoved forward and the leveling pro-
cess is repeated until the elevation difference between the ini-
tial and the final point is established. Leveling procedures are
limited by light of sight and to the distance between the level
instrument and the rod. The readings on the rod can be taken
either optically or electronically; the rod must be close
enough to the level (about 40m) to resolve the rod’s readings
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instruments to measure atmospheric pressure, can be used
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to determine relative elevations of points on the earth’s sur-
face. Elevations determined by barometric leveling proba-
bly are several meters in error even after they are corrected
for the effects of temperature and humidity. Barometric
measurements are made at a benchmark, while a second
roving barometer is carried from point to point in the field.

The difference in elevation between two points, A and
B, can also be established by measuring the vertical angle
of the line from one point, A, to the other, B, as well as the
slope distance, and then computing the difference in eleva-
tion using trigonometry. Trigonometric leveling is neces-
sary when the elevations of inaccessible points must be
determined. From two points of known position and eleva-
tion, the horizontal position of the unknown point is found
by triangulation, and the vertical angles from the known
points are measured. The technique is influenced by the
atmosphere refraction (cloudy weather with good visibil-
ity with consistent temperature over measurement) and
the earth curvature.

Summary
At present, the reference systems upon which all these
geodetic positioning and leveling techniques are based,
have been well defined with unprecedented accuracy and
reliability (McCarthy and Petit, 2003; Ihde et al., 2008).
The theory of errors for geodetic positioning and leveling
has been well developed and applied in the measurements
made. New data collection and processing technologies
have emerged and matured. So, better results and reliable
results are obtained, while the burden of adjustment com-
putation and efficiency has further improved with fast
computing and improved measurements and processing
algorithms. All in all, Geodesy, ground positioning, and
leveling have seen tremendous developments in recent
years. New measurements (from optical to electronic)
and new techniques (from angle measurement to phase
and time and time-difference measurement of electromag-
netic signals) and new instrumentation with increased
accuracy (from meters to centimeters and millimeters at
long distances) and capabilities (integration with Geo-
graphic Information Systems) have been emerged and
matured for geophysical applications.
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Definition
Geodesy. Scientific discipline dealing with the measuring
and representing of Earth in the domains of time, space,
and the gravitational field.
Networks. Set of materialized geodetic reference points as
carriers of a specific reference frame tied to each other by
geodetic measurements.
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Reference system.A reference system is based on one def-
inition of the reference. A geodetic reference system is
a definition of a specific coordinate system.
Reference frame. A reference frame is one (among many
possible) realizations of a reference system. It is character-
ized by a set of reference points from geodetic networks
and a reference epoch.

Introduction
The historical definition of geodesy was given by F. R.
Helmert (1880): “Geodesy is the science of measuring
and mapping of Earth’s surface.”According to this defini-
tion, the task of geodesy is expressed in Torge (2003):
“The task of geodesy is to determine the figure and the
external gravity field of the Earth and other objects in
space as functions of time by surface- or space-based
observations.”

Therefore, geodesy deals with measurements and rep-
resentation of Earth’s geometry, its gravitational field,
and geodynamic phenomena (Earth rotation, Earth tides,
and crustal motion) in three-dimensional and time-varying
space. Metrology defines the physical units, which are
needed in geodesy. The measurements are related to vari-
ous geodetic instruments and different methods. Earth-
bound instruments are mostly operated in global net-
works, while a space-borne instrument senses the entire
Earth while in orbit. Earth models contain a mathematical
description approximating the physical reality in which
observation data are modeled. The description of Earth’s
figure and its external gravity field requires the definition
of reference systems, which are constituted by measure-
ments (Schneider, 1992).

As it is very difficult to fix a static and very precise
global coordinate system to the continuously changing
Earth, a permanent monitoring of reference positions in
geodetic networks is necessary. These permanent observ-
ing networks, in which fundamental stations for geodesy
have an indispensable role, are the base for global geodetic
reference frames. Such reference frames are the backbone
for a better understanding of the system Earth, for any kind
of geoinformation systems, and for space exploration
(Hase, 1999).

Geodetic reference systems
Theory of reference systems
In geodesy, the terms reference system and reference
frame are different: A reference system is based on physi-
cal theories and reflects an ideal idea. A reference frame is
one among many possible realizations of a reference
system and based on geodetic observations and hence
available to users (Kovalevsky and Mueller, 1981).

Example: A global reference system can be defined in
such a way that the origin of the coordinate system coin-
cides with the center of mass. The center of mass is an
abstract physical model and not accessible as a reference
point. However, geodetic observations of satellite orbits
are useful to realize a corresponding reference frame
because the center of mass of Earth coincides with one of
the two foci of the elliptical orbit of the satellite. The used
data set of observations delivers one particular reference
framewith respect to the definition of the reference system.

Reference systems are standardized by the introduction
of conventional reference systems that are based on the
decisions of international committees. These conventional
reference systems become available to users by conven-
tional reference frames (Schneider, 1999). Reference
frames are always based on observation data, which are
processed with introduced hypotheses of the used reduc-
tion models. Due to the arbitrary settings in the processing
of observation data, the defined ideal of a reference system
can only be approximated with different analysis strate-
gies. This circumstance and the need for comparison call
for a standardization of reduction models in order to com-
pare different reference frames. The IERS-Conventions
are an example for the standardization of physical con-
stants and models with respect to global reference frames
(IERS Conventions, 2003).

Two reference systems are of importance in global
geodesy: (a) the barycentric space-bound celestial refer-
ence system (CRS), and (b) the geocentric Earth-bound
terrestrial reference system (TRS). While the first system
is related to distant objects in space, the latter one is related
to terrestrial reference points or to reference points in the
near Earth space. Both systems are tied by the Earth Rota-
tion Parameters (EOP).

The figure of Earth is approximated by Earth models.
The geometric models are spherical or ellipsoidal while
the geophysical models are based on expansion of the
spherical harmonic functions in order to model the geoid
as an equipotential reference surface. In an ideal situation,
models of both categories coincide with their origins and
have parallel main axes.

Metrology
Geodetic measurements in the domains of space, time, and
gravity field refer to physical units of the SI (Sistéme Inter-
national). In general, the modeling of space-geodetic mea-
surements in Newtonian space-time shows deficiencies.
The underlying physical model for the definition of phys-
ical units must be based on the theory of general relativity
(Damour et al., 1991). This requires that the physical units
are defined in infinitesimal small spatial areas with only
local and not global validity. The question is whether
physical units defined in local laboratory space can be
used on the global scale for space geodesy.

The units for timescale, spatial-scale, and gravitational
potential cannot be defined independently from the object
to be measured. The metrological units are only defined as
precisely as the measurements of the geodynamic phe-
nomena interacting with the laboratory and vice versa
(Hase, 1999).

The introduction of the constant of the speed of light, c=
299792458 m/s, enables the introduction of the physical
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units meter and second and a method to measure space-
time intervals if the synchronization of two local clocks
fulfills the Einstein synchronization condition. Generally,
this condition is not fulfilled on Earth. Therefore, the
spatial distance of the clocks must be defined in relation
to the desired resolution of the measurement in order to
neglect the spatial curvature effects.

The global timescale is ideally related to the center of
the mass of Earth as the effect of external gravitational
bodies disappears. For practical reasons, timekeeping is
not possible at the center of Earth’s mass. Therefore, the
timescale definition of Temps Atomique International
(TAI) refers to a geocentric reference system with
a definition of the second related to the equipotential sur-
face of the rotating geoid. The world time is the Coordi-
nated Universal Time (UTC), which is TAI corrected by
an integer number of leap seconds realized by local clocks.
The time second is realized by cesium frequency stan-
dards. Its SI-definition is as follows: The second is the
duration of 9192631770 periods of the radiation
corresponding to the transition between the two hyperfine
levels of the ground state of the cesium atom 133Cs (BIPM,
1998).

The metric scale is a secondary unit derived from the
definition of the time second and the constant of the speed
of light. The meter is defined as the distance travelled by
light in vacuum in 1/299792458 s. Depending on the def-
initions for speed of light and time second, the metric scale
is only valid in the vicinity of the time second-defining
clock. That is why large distances should be seen as
space-time intervals that are characterized by two-way
measurements or one-way measurements with clock
transportation.

The mass of Earth could be seen as constant if there
were no exchange of radiation with the ambient universe.
With respect to the terrestrial reference frames, the solar
system with its gravitating bodies is seen as sufficiently
isolated. The universal gravitational constant, G =
6.67259 � 10�11 m³/kg/s² � 8.54 � 10�15 m³/kg/s², is
imprecisely known with its relative accuracy of 10�4

(Bursa, 1992). G is the only link between the SI unit for
mass and the gravitational phenomena. Given that only
in the magnitude 10�17, the tidal potential at the height
of the geoid has an effect on the definition of the time sec-
ond, the value ofGmay be applied in geocentric as well as
in barycentric reference systems.

The product of the universal gravitational constant with
the mass of Earth is called the geocentric gravitational
constant, GM = 398600.4418 m3/s2 � 0.0008 m3/s2,
and can be determined with higher accuracy (2 � 10�9)
than the individual factors (10�4). It is used for geodetic
Earth models.

The IERS Conventions and IERS Standards mirror the
actual status of parameters and models to be used in order
to obtain a consistent TRF approximating the underlying
physical theories with the best available models and con-
stants (IERS Conventions, 2003).
Global geodetic reference systems
With the beginning of the satellite age, the need for an
accurate global geodetic reference system became evi-
dent. Also spatial and geographical information datasets
extending over national boundaries are calling for
a common global reference frame for collection, storage,
visualization, and exchanging of geoinformation.

Global geodetic reference systems have always been
based on definitions and measurements with respect to
the available scientific knowledge and technology. In for-
mer times, solid Earth models had been sufficient for
global reference frames, scientific geodetic studies, and
for mapping applications. Modern geodetic space tech-
niques such as Very Long Baseline Interferometry
(VLBI), Satellite Laser Ranging (SLR), Global Naviga-
tion Satellite Systems (GNSS), and modern instrumenta-
tion of local sensors such as absolute gravity meter (AG)
and superconducting gravity meter (SG), much higher res-
olutions in the measurements showed the variability of the
observables as a function of time. Consequently, the solid
Earth models had to be replaced by viscoelastic Earth
models.

For the purpose of reference frames, the viscoelastic
Earth models must also contain models of plate-tectonic
motion because reference points at different continental
plates expose different directions and velocities of proper
motion over time. The exhaustion of the kinematic motion
of individual reference points is achieved in the coordinate
estimation under the condition that the squared sum of the
individual point motion is made to zero. This condition is
commonly expressed as no-net-rotation (NNR).

As it appears to be an impossible task to fix a static and
very precise global coordinate system on the continuously
changing Earth, a permanent monitoring of reference posi-
tions in geodetic networks became necessary. These per-
manent observing networks, in which fundamental
stations for geodesy have an indispensable role, are the
base for global geodetic reference frames.

Currently, two global geodetic reference systems have
a major importance: ITRS and WGS84.

International terrestrial reference system (ITRS)
The most important conventional terrestrial reference sys-
tem (CTRS) is the International Terrestrial Reference Sys-
tem (ITRS). The ITRS is defined as a cartesic coordinate
system in which (a) the origin coincides with the center
of Earth’s mass (including the masses of the hydrosphere
and the atmosphere), (b) the metric scale is defined by
the fixed velocity for the propagation of light in
a gravitating environment and the physical definition for
the unit of time according to SI, (c) the orientation is
obtained by observation of Earth rotation relative to
space-fixed objects of the celestial reference frame
(ICRF), and (d) the system has no global residual rotation
with respect to horizontal motions at the Earth’s surface
(NNR) (IUGG, 1991). The definition of origin, scale,
and orientation is the geodetic datum of a reference



Geodesy, Networks and Reference Systems, Table 1 Defining
geometrical and geophysical parameters of the Geodetic
Reference System, 1980 (GRS80). The dynamical flattening
expressed by the dynamical form factor J2 and determined by
satellite orbit perturbations was given preference in the
definition. The geometrical flattening f = 1/298.257222101
became a derived parameter (Moritz, 1980)

Defining parameters of
GRS80 Symbol Value

Semimajor axis or equatorial
radius

a 6,378,137.0 m

Dynamical form factor J2 0.001,082,63
Geocentric gravitational
constant (incl. atmospheric
mass)

GM 398,600.5 � 10+9 m3/s2

Angular velocity of Earth
rotation

o 0.729,211,5 � 10�4 rad/s

Geodesy, Networks and Reference Systems, Table 2 Defining
geometrical and geophysical parameters of the World Geodetic
System 1984. As opposed to the GRS80, the geometrical
flattening f is the defining quantity and the dynamical
flattening given by the dynamical form factor J2 = 0,001081874
is a derived quantity

Defining parameters of
WGS84 Symbol Value

Semimajor axis or
equatorial radius

a 6,378,137.0 m

Flattening (a � c)/a f 1/298.257,223,560
Geocentric gravitational
constant (incl.
atmospheric mass)

GM 398,600.441,8 � 10+9 m3/s2

Angular velocity of Earth
rotation

o 0.729,211,5 � 10�4 rad/s
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system. If a geographic coordinate system (latitude, longi-
tude, ellipsoidal height) is chosen, the corresponding
parameters of the desired reference ellipsoid must also
be defined and becomes in general part of that datum.
The GRS80-ellipsoid (Geodetic Reference System,
1980) is often used for the ITRS as best fitting the global
figure of Earth’s surface.

The ITRF is currently based on observation data of
more than 3,800 reference points. International Services
for VLBI, SLR, GNSS, DORIS, and the collection of local
surveys at collocation sites with multiple techniques being
operated provide the ITRF database.

The ITRF is published with respect to certain epochs,
i.e., ITRF2005 and ITRF2008. The ITRF-coordinates
and -velocities of the reference points are estimated in
the processing of observational data. Each reference frame
refers to a specific epoch and shall allow linear extrapola-
tion of the coordinates to any desired epoch. However,
long-term series and certain geographical regions partly
expose nonlinear evolution of point positions and require
frequently updated regional reference frames or nonlinear
motion models.

The updating of the ITRF is necessary not only due to
the continuously acting geodynamic forces on the global
network and the need to update reference points, but also
the introduction of improved models in the data reduction.
For the generation of each new frame, the NNR condition
is applied. The IERS Conventions contain the adopted
constants, parameters, and models that shall be used for
data processing (IERS Conventions, 2003).

World geodetic system 1984 (WGS84)
WGS84’s geometrical base is comprised of (a) a global
coordinate frame for the Earth and (b) a standard spheroi-
dal reference surface (the datum or reference ellipsoid) for
raw altitude data. In addition, the geophysical base is
a gravitational equipotential surface model (the geoid) that
defines the nominal sea level. The geophysical base was
periodically updated as the underlying Earth Gravitational
Model (EGM96, EGM2008) improved by its ground res-
olution from 200 km to 10 km.

The geometrical definition ofWGS84 identifies Earth’s
center of mass as the origin of the coordinate system. The
zero-longitude is identified with the IERS Reference
Meridian, which lies 5.31 arcsec east of the Greenwich
Prime Meridian for historical reasons related to the NNSS
Doppler System.

The WGS84 is defined and maintained by the US
Department of Defense. The GPS control segment con-
sists of only a few globally distributed reference stations,
whose coordinates together with the broadcast ephemeri-
des are expressed in this datum. The control segment net-
work is also called zero-order network as it fixes the
reference frame.

Consequently, any GPS user who wants to determine
a position in WGS84 is dependent on how accurately
known the satellite orbits with respect to the control seg-
ment reference stations are. Due to orbit perturbations,
the broadcast ephemerides are only approximations and
need frequent updates. In absolute positioning mode,
results are said to be in theWGS84 datum. In relative posi-
tioning model, a baseline vector between two stations can
be determined with much higher accuracy. However, the
datum is almost completely defined by the base station,
which has a much higher uncertainty than the baseline
vector. It is therefore desirable to tie GPS baseline vectors
to ITRF reference stations using the precise orbit product
of the International GNSS Service (which is obtained from
hundreds of network stations) and express sets of esti-
mated coordinates related to the most recent ITRF.

The absolute accuracy is defined by the true relation-
ship of a position to the coordinate datum. The ITRF is
multi-technique based and with a higher number of net-
work stations, for which reason the ITRF provides
a higher absolute accuracy than the WGS84 in its current
configuration.

As it can be recognized by the defining parameters
(Tables 1 and 2), the ITRS and WGS84 coincide within
a few centimeters.
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Continental reference systems
Like the surveying practice “working from the whole to
the part,” continental and national reference frames are
established using subsets of reference points defining the
global terrestrial reference frame. These frames can be
ordered hierarchically beginning with the global terrestrial
reference frame (TRF) in which the origin, orientation,
and scale is defined. The continental reference network
contains the corresponding subset of the global reference
points providing the consistent frame and is densified by
additional reference points. Consistency to the global ref-
erence frame is achieved by the network adjustment with
the introduction of the global definition of origin, scale,
and orientation represented by the subset of global refer-
ence points. National reference frames are established by
composing the network of the corresponding global and
continental reference points on national territory and addi-
tional densifying of national reference points. Thus, the
densification of geodetic networks can be done in
a consistent way to the most accurate global terrestrial ref-
erence frame, the ITRF. One example for consistency
between hierarchical reference frames is the geocentric
reference frame of the Americas, SIRGAS, and subse-
quent national reference frames in South-American coun-
tries (Figure 1) (SIRGAS). The GRS80 is mostly adopted
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International Terrestrial Reference Frame (ITRF) is tied to the space-
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Geodesy, Networks and Reference Systems, Table 3 Continenta

Continental reference frames Acronym Me

Africa AFREF Afr
Asia–Pacific APRGP As
Europe EUREF Eu
North and South America SIRGAS Ge
as the reference ellipsoid for the continental reference
frames for consistency reasons to the ITRF (Table 3).

Continental vertical reference systems have to over-
come the national height system definitions andmade con-
sistent at the borders. Usually in continent-wide
measuring campaigns at tide gauges and at national first-
order reference points with leveling, GNSS and gravime-
try are performed to resolve this task. An example is the
European Vertical Reference System (EVRS) in its reali-
zation of the European Vertical Reference Frame 2007
(EVRF, 2007).

National geodetic reference systems
GNSS techniques turned the former particular national
reference system into being part of a superior continental
or global reference system. National geodetic networks
are needed to provide a reliable common coordinate sys-
tem for spatial datasets and geographical information
data. At present, most national geodetic network infra-
structures consist of continuously operating reference sta-
tions (CORS), which are linked to the ITRF. A GNSS
CORS comprises a GNSS receiver with its antenna
mounted on a stable monument at a safe and secure loca-
tion equipped with a reliable power supply and
a connection to the communication networks for data
RF
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Earth fixed
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transmission. Different services make this infrastructure
available to the users: (a) streaming real-time (raw) data
over the Internet (NTRIP); (b) streaming real-time kine-
matic data (RTK) and differential GNSS data (DGNSS)
for applications such as RTK-survey, GIS-data acquisi-
tion, and GNSS navigation; and (c) transfer of hourly or
daily data files to an ftp-server.

The national coverage with CORS depends on the
resources available and of the tectonic situation. A good
example is the Japanese GPS Earth Observation Network
System (GEONET) with about 1,200 CORS. This net-
work with 30–50 km distance between each CORS is used
not only for land survey but also for the monitoring of seis-
mic and volcanic activities.

For historical reasons national geodetic systems may
still refer to a best-fitting ellipsoid as a reference surface
to the given national latitudes. With the introduction of
the hierarchy of reference systems, the global Earth
models are becoming more important especially for
national reference systems due to consistency.

Vertical national reference systems are usually related
to a tide gauge. The zero-height can be related to an aver-
age level of the seawater height (i.e., mean sea level).
Some countries transferred the vertical reference from
the tide gauge by spirit leveling to a distant benchmark
at a secure location. Vertical reference systems are prefer-
ably related to the sea level as the accessible part of the
geoid. Currently, vertical reference networks are measured
not only by spirit leveling but also by GNSS combined
with gravimetric measurements.
Historical reference systems
In the past, horizontal national reference systems were
based originally on triangulation networks, when direc-
tions could be measured more precisely with theodolites
than distances by rods. Triangulation networks had been
oriented by astronomical azimuth measurements, setting
the horizontal geodetic datum at the fundamental point.
The scale was introduced by baseline enlargement
networks.

The error in triangulation networks could reach1–5ppm
with respect to the distance to the datum reference point.
When electronics entered the geodetic instrumentation
during the 1960s, electromagnetic signals (microwave,
laser) allowed themeasurement of distancesmore precisely
than directions. Trilateration networks complemented or
replaced the triangulation networks.

The introduction of space-geodetic methods in the
1980s, i.e., Navy Navigation Satellite System based on
the Doppler effect and the follow-up GPS system,
replaced most of the historical national reference systems
based on classical triangulation or trilateration methods.
The advantages are the global availability and the superior
accuracy of the GNSS. The disadvantages are the depen-
dency on the control segment of the GNSS and the avail-
ability of energy and communication in order to be able
to use it.
The separation of horizontal and vertical reference net-
works is the consequence of the historical development of
the geodetic methods. Modern geodetic space techniques
such as VLBI, SLR, and GNSS are three-dimensional
methods and can be used to overcome the classical separa-
tion. This becomes possible if the geometrical and geo-
physical properties of the geodetic observations are
modeled correctly in the corresponding reference frame.
Global geodesy
International services
The task of global geodesy requires a global infrastructure
of geodetic observatories. Currently, many institutions in
various countries collaborate voluntarily to enable the pro-
duction of terrestrial reference frames by sharing observa-
tional data, its processing, and geodetic products. Through
the use of their human, technical, and financial resources,
the contributing institutions are contributing to the prod-
ucts of the international services. This task is voluntarily
organized by international services under the umbrella of
the International Association of Geodesy (IAG). Even
today, no country has been capable of reaching the same
results on its own. This fact makes the nonprofit oriented
work of international services indispensible to achieve
the ITRF and the ICRF.

The international services can be classified according to
their domains. In the space domain, the following are the
services: International VLBI Service (IVS), International
Laser Ranging Service (ILRS), International Global Nav-
igation Satellite System Service (IGS), and International
DORIS Service (IDS). In the time domain the Bureau
International des Poids et Mesures (BIPM) in Paris hosts
the office, which is generating the Universal Time (UT)
scale as the time base. In the gravity field domain, the
International Gravity Field Service (IGFS) forms the
umbrella for the Bureau Gravimetrique International
(BGI), International Geoid Service (IGeS), the Interna-
tional Center for Earth Tides (ICET), the International
Center for Global Earth Models (ICGEM), and the Inter-
national Digital Elevation Model Service (IDEMS).

The International Earth Rotation and Reference System
Service (IERS) is primarily using the products of the IVS,
ILRS, IGS, and IDS for the computation of the ICRF,
ITRF, and EOP. All of the services mentioned above are
part of the International Association of Geodesy (IAG).

With the development of the geodetic space techniques,
it became obvious that an international coordination is
beneficial for the users of geodetic products in navigation,
land surveying, mapping, and scientific research. There-
fore, most of the international services were created during
the 1990s to continue previously existing collaborations
related to projects.

The IAG introduced a project called Global Geodetic
Observing System (GGOS) as its contribution to the
Global Earth Observing System of Systems (GEOSS).
GEOSS is an effort of the Group of Earth Observation
(GEO), which unifies more than 80 countries and more
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than 50 international organizations to improve the moni-
toring and hence the better understanding of global
changes. The international services form the backbone
for the realization of GGOS. The goal of GGOS is to pro-
vide a TRFwith a global precision of 1 mm in position and
0.1 mm/year velocity determination (Plag and Pearlman,
2009). This ambitious goal can only be reached if more
geodetic observatories with the characteristics of
a fundamental station for geodesy will be implemented
in a more homogeneous global distribution. The interna-
tional services themselves try to improve their products
so that they match the high precision demands of GGOS.
This challenges the design of observing networks,
improved observation schedules, new instruments and tar-
gets, improvements of the data acquisition and processing,
and the homogenization and integration of the models of
geodetic space techniques.

If the postulated precision can be achieved in the refer-
ence frames, trends in global changes will be resolved in
shorter time periods. This compensates the lack of long-
term monitoring data at many locations on Earth.
Fundamental station for geodesy
At fundamental reference points for global reference
frames one encounters the necessary instrumentation for
observing in the space domain, in the time domain and
in the gravitational field domain of Earth. These domains
correspond to the underlying physical model on which
global geodetic reference systems need to be defined.

Each geodetic space method leads to a specific TRF,
e.g., VLBI to a VLBI-TRF, SLR to a SLR-TRF or GNSS
to one of the GNSS-TRF. Each one of the specific TRFs
contains site positions and velocities of the specific instru-
ments. Each one of the different techniques has some
advantages, but also weaknesses regarding the realization
of reference systems. Geodesists prefer to use all the tech-
niques in a synergetic way in order to minimize the effect
of otherwise undetectable systematic errors. Thus, the col-
location of different geodetic space technique instruments
at some sites is a must in order to achieve the best TRF.
The space geodesy instruments also need to be
complemented by local sensors in order to obtain
a complete set of observables for the models used in data
reduction.

A geodetic observatory in which all relevant space-
geodetic observation methods are operated is called
a fundamental station if it complies with the following
characteristics: (a) Permanency of the operation by con-
sideration of the timescales of geodynamic phenomena
and therefore long-term assured production of geodetic
data, (b) Complementariness of the operated geodetic
space techniques for the best possible coverage of the Sys-
tem Earth affecting phenomena as to obtain the best possi-
ble realization of a precise global reference system,
(c) Redundancywithin the selected instruments for quality
assurance of the observational data by independently
obtained results of the same observables, (d) Linking of
the technique-specific reference points by their
corresponding space vectors, usually determined by
a local survey within a local geodetic network, which is
also used for the monitoring of the local site stability.

A fundamental station for geodesy enables the link and
the transformation from one technique-specific reference
frame (e.g., VLBI) to another (e.g., GNSS) by coordinate
transformation. Fundamental stations are constitutive for
the realization of the ITRF, which is based on observa-
tional data produced by VLBI, SLR, GNSS, and DORIS
(Hase, 1999).

Instrumentation of a fundamental station
The Geodetic Observatory in Wettzell, Germany, and the
Transportable Integrated Geodetic Observatory (TIGO)
in Concepción, Chile (see Figure 2) are both examples of
a fundamental station for geodesy. Both observatories
operate radio telescopes for geodetic/astrometric VLBI,
optical telescopes with a laser system for SLR, some
GNSS receivers at the site plus an additional regional
permanent network for monitoring the regional stability
in the space domain. At both sites, local geodetic networks
are installed that allow to tie the telescope reference points
to the GNSS antenna reference points and hence the indi-
vidual technique-specific reference frames.

As the geodetic space techniques basically measure
time intervals, a fundamental station needs to be equipped
with frequency standards defining the time unit: the sec-
ond. The instrument for the time domain is a time and fre-
quency laboratory, which operates at least three atomic
clocks based on frequency standards. An issue in time-
keeping is redundancy in instrumentation. Otherwise,
drifts in time cannot be related to one specific clock. The
geodetic observatories Wettzell and TIGO operate three
cesium normals for long-term timescale generation and
use one of the three available hydrogen masers for short-
term time interval measurements.

Concerning the gravity field domain, a fundamental
station must measure the gravity periodically with an
absolute gravity meter and permanently with
a superconducting gravity meter in order to determine
the Earth tides. The daily gravitational deformations of
Earth’s crust reach several decimeter, which is therefore
the largest time variable spatial parameter in interconti-
nental baseline measurements and needs to be considered
in the analysis of geodetic space techniques.

Fundamental stations for geodesy produce observa-
tional data in the space, time, and gravitational field
domain.

In order to perform the observations correctly or to
interpret the measurements afterward, additional local
sensors are necessary. Meteorological sensors deliver
input data for the application of refraction corrections dur-
ing observation with the telescopes and compute signal
travel times through the atmosphere. Hydrological sensors
are requested to model seasonal variations in the gravity
data. Laser gyroscopes deliver local Earth rotation param-
eters (as opposed to global determined EOP by geodetic



Geodesy, Networks and Reference Systems, Figure 2 The Transportable Integrated Geodetic Observatory (TIGO) in Concepción,
Chile. The foreground shows the Satellite Laser Ranging (SLR)-System, behind it a pillar with Global Navigation Satellite Systems
(GNSS)-antennas, and on the right the Very Long Baseline Interferometry (VLBI) radio telescope. All geodetic space techniques are
placed at one site to define reference points for the global reference frame ITRF. The space vectors between the different instruments
can be measured by a local survey. Not visible are the gravity meter and atomic clocks that are part of TIGO.
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space techniques) and seismometers deliver epochs of
seismic events to model the nonlinearity of continental
drift respective to the site motion.
Summary
The task of geodesy is to establish global geodetic refer-
ence systems. These reference systems are defined theo-
retically in context of the knowledge of physics. Global
reference systems are realized by geodetic observatories
and measuring reference stations that mark reference
points in the space and time domain and in the gravitational
field of Earth. Metrology provides the corresponding phys-
ical constants and units to be used in the measurements.
The cooperative use of the same geodetic method at vari-
ous measuring platforms creates a geodetic network. A
set of observational data from a geodetic network defines
a specific geodetic reference frame that relates usually to
a specific epoch. Continuous changes of Earth’s surface
require a permanent monitoring. Different terrestrial refer-
ence frames can be tied together by collocating geodetic
space techniques.

Fundamental stations for geodesy establish reference
points in technique-specific TRF that are tied together by
the knowledge of the local spatial vectors between the
technique-specific reference points. The ITRF is based
on observational data of various space-geodetic methods
tied in a synergetic manner at collocated and fundamental
stations. The WGS84 is based only on GPS-observations
and coincides with the multi-technique-based ITRFwithin
1–2 cm. Global change studies drive the global precision
of TRF to 1 mm in position and 0.1 mm in point velocity.
The International Association of Geodesy undertakes an
effort with the Global Geodetic Observing System to set
up the necessary infrastructure.

The use of geodetic satellite methods in positioning
requires a precise knowledge of orbital parameters. Two
out of six parameters are dependent on the variable Earth’s
rotation. Monitoring Earth’s rotation requires the creation
of a Celestial Reference System. The ICRF is based on
quasar positions measured by global VLBI networks.
The transformation parameters from the space-fixed celes-
tial reference frame to the Earth-bound terrestrial refer-
ence frame are given by the time variable Earth
orientation parameters (EOP).
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Geodesy is a branch of earth sciences that deals with the
measurement and representation of the earth’s shape and
its gravitational field. Geodesy may be broadly divided into
the areas of global (satellite) geodesy, geodetic surveys
(national and supranational), and plane surveying (topo-
graphic surveying, cadastral surveying). Global geodesy
includes the determination of the shape of the earth, its ori-
entation in space and its external gravity field. A geodetic
survey is for the determination of the earth’s surface and
gravity field over a region that typically spans a country or
a group of countries. In plane surveying, the details of the
earth’s surface are determined on a local scale, and thus
the curvature and gravity effects are generally ignored.
A close relation exists between the above three areas of
geodesy in the sense that geodetic surveys are linked to ref-
erence frames established by global geodesy, whereas plane
surveys are generally referenced to control points
established by geodetic surveys. Physical geodesy utilizes
measurements and characteristics of the earth’s gravity field
as well as theories relating it to deduce the shape of the
geoid (see Geoid Determination, Theory and Principles;
Geoid, Computational Method) and thus the figure of the
earth (Haffman andMoritz, 2005). With sufficient informa-
tion regarding the earth’s gravity field, it is possible to deter-
mine geoid undulations, gravimetric deflections, the earth’s
flattening and other broad characteristics of the earth, such
as equatorial ellipticity– the C22, S22 terms of the spherical
expansion of the gravity field, the C21, S21 terms related to
the position of the rotation axis, etc., with a view to their
application in geodesy.

Historical Development of Geodesy
Geodesy is one among the oldest sciences dealing with the
planet earth. Superseding the use of sphere as a model for
the earth, the oblate rotational ellipsoid became widely
accepted as the model of choice in the early eighteenth
century. The significance of the gravity field was recog-
nized in the nineteenth century leading to the introduction
of the geoid. Later in the second half of the twentieth cen-
tury, satellite techniques paved the way for realization
of the three-dimensional concept of geodesy. A drastic
increase in the accuracy of geodetic observations required
that time variations be taken into account, which in turn
leads the development of four-dimensional geodesy.
Extensive material on geodetic history can be found in
Smith (1986).

Gravity field of the earth
A body rotating with the earth experiences the gravita-
tional force of the masses of the earth, other celestial bod-
ies, as well as the centrifugal force due to the earth’s
rotation (see Earth Rotation). The resultant is the force
of gravity (see Gravity Field of the Earth). If the effects
of centrifugal force and that of celestial bodies are
removed from gravity, the left out component is gravita-
tion. Newton’s law of gravitation states that the force of
attraction between two point masses m1 and m2 is directly
proportional to the product of their masses and inversely
to the square of the distance between the centers of respec-
tive masses and is given as

F ¼ �Gm1m2

r2
k
r
; (1)

where, F is the force on m2, r is the distance between m1
and m2, and G is the universal gravitational constant.
The minus sign represents that the force is always attrac-
tive. By setting the mass at the attracted point to unity,
the above equation transforms into the gravitational
acceleration

g ¼ �Gm

r2
k

r
: (2)

The vector kmay be expressed by the position vectors r

and r 0 in the Cartesian coordinate system as

k ¼ r � r0; rT ¼ ðX ; Y ;ZÞ; r 0T ¼ ðX 0; Y 0; Z 0Þ;
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with the magnitude of

k ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ðX � X 0Þ2 þ ðY � Y 0Þ2 þ ðZ � Z 0Þ2

q
:

However, the earth is composed of an infinite number

of differential mass elements, dm. The gravitation on the
unit mass results from the integral over the individual con-
tributions. The equation for gravitational acceleration then
takes the form

g ¼ �G
ZZZ

r � r0

jr � r0j3dm: (3)

The mass element dm can be expressed as
dm ¼ rdu; (4)

where, r is density of volume element du.
The representation of gravitational acceleration and

related computations are simplified if the scalar quantity
potential is used. Because the gravitational field is invari-
ant to rotations

curl g ¼ 0 (5)

The vector g may be represented as the gradient of

a potential U (Sigl, 1985),

g ¼ grad U : (6)

For a point mass m, we have
U ¼ GM
r

; with lim
r!?

U ¼ 0: (7)

For the earth, we have
U ¼G
ZZZ

dm
r
¼G

ZZZ
r
r
du; lim

r!?
U ¼ 0: (8)

The potential indicates the work that must be done by

gravitation in order to move the unit mass from infinity
to the point under consideration.

From the above relations, it is clear that once the den-
sity function r was known for the earth, the gravitation
can be calculated as a function of position. In reality, detailed
density information is available for the upper layers of the
earth only, while global models merely consider radial den-
sity changes (seeEarth,DensityDistribution). Consequently,
gravity field observations have to be used in order to model
the exterior gravity field (Torge, 2001).
Properties of the gravitational potential
Gravity potential U satisfies Laplace’s equation (Murthy,
1998), i.e.,

H2U ¼ 0; (9)

at all points unoccupied by matter. All the space deriva-
tives of this potential also satisfy Laplace’s equation.
However, at points occupied by matter, gravity potential
satisfy Poisson’s equation

H2U ¼ �4pGd; (10)

where d is the density at the point under consideration.
Green’s theorem connecting volume and surface integra-
tions of potential fields has many important applications.
If U and U0 are two potential functions, whose first deriv-
atives are finite, continuous, and single valued throughout
a volume, v, bounded by a closed surface, s, then
Z
v
ðUH2U 0 �U 0H2UÞdv¼

Z

s
U
@U 0

@n
�U 0@U

@n

� �
ds;

(11)

where n is the direction of the outward drawn normal to the
surface. The theorem is independent of the size or shape of
the surface or the nature of distribution of masses causing
U andU 0. IfU 0 is assumed to be constant everywhere, and
U is the Newtonian potential due to masses distributed
both inside and outside the closed surface, s, then

H2U 0 ¼ 0;
@U 0

@n
¼ 0 (12)

reducing equation to the form
Z

v
H2Udv ¼

Z

s

@U
@n

ds: (13)

If U and U are, respectively, the potentials due to
in out
masses inside and outside s, then Uout obeys Laplace’s
equation, while Uin satisfies Poisson’s equation, i.e.,Z

s

@U
@n

ds ¼ �4pGM : (14)

This is called Gauss’ law, which states that the total nor-

mal gravitational flux over a closed surface is�4pG times
the enclosed mass. This law holds good irrespective of the
type of mass distribution in s. Basic relationships can
therefore be established between the observations in the
gravity field and the parameters describing the surface.

Disturbing potential
The difference between the actual (measured) gravity
potential,W, and the normal gravity potential (constructed
matching the known reference ellipsoid with an equipo-
tential surface), U, is called the anomalous or disturbing
potential, T (Hofmann and Moritz, 2005). The disturbing
potential, T, is numerically smaller than U or W, and cap-
tures the detailed, complex variations of the true gravity
field of the earth from point-to-point, as distinguished
from the overall global trend captured by the smooth
mathematical ellipsoid of the normal potential. The rela-
tion between the geoidal undulation, N, disturbing
potential, T, and the force of gravity (F) computed from
the normal gravity potential can be expressed by Bruns’
formula as
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N ¼ T
F
: (15)

The Stoke’s formula which enables one in determining

the geoid from gravity data in physical geodesy can be
expressed as

N ¼ R
4pF0

ZZ

s
Dg SðCÞds: (16)

Here, Dg stands for gravity anomalies, R is mean radius

of the earth, F0 is a mean gravity value over the earth,
and S (C) is the Stokes function, a kernel function derived
by Stokes in a closed analytical form. The symbol

RR
s sig-

nifies an integral extended over the whole unit sphere.

Geoid and reference ellipsoid
The equipotential surface of the earth’s gravity field that
coincides with the Mean Sea Level (MSL) in the absence
of currents, air pressure variation, etc., is called the geoid.
Most of the efforts in physical geodesy are concentrated
on the geoid determination with steadily increasing accu-
racy (Heiskanen and Moritz, 1967). The geoid is impor-
tant for understanding more about ocean currents and is
also used as a reference for traditional height systems
and monitoring sea-level change. However, as in the case
of any other equipotential surface of the earth’s gravity
field, the geoidal surface is also an irregular surface and
too complicated to serve as the computational surface.
The mathematical surface that best fits the geoid is the ref-
erence ellipsoid. The relation between the geoid and the
ellipsoid is shown in Figure 1. The ellipsoid lies below
the geoidal surface in elevated regions and above the
MSL over the oceans. The geometrical separation between
the geoid and the reference ellipsoid is called the geoidal
undulation, N (see Geoid Undulation, Interpretation),
which generally varies globally between �110 m.

Gravity measurements are used in physical geodesy to
determine the figure of the earth (see Geodesy, Figure of
the Earth). The earth shape can be equated to a sphere or
an ellipsoid depending on the physical problem being
dealt. The justification in equating the earth’s shape to
a model other than that of sphere can be found from two
Ear

Deflection of the verti

Ocean

odesy, Physical, Figure 1 Relation between earth’s topography
observations, namely, (1) for a rotating sphere having
radius, R, and angular velocity, o, the gravitational attrac-
tion at the equator and pole should differ by Ro2. For the
values of R and o relevant to the geoid, this figure works
out to be 3.4 gal as against the observed one of 5.17 gal
in gravity values at the equator and the pole. This discrep-
ancy suggests an appreciable departure of the mean
shape of the geoid from that of a sphere, also (2) arc mea-
surements at the pole and equator showed that the merid-
ian degree at the pole is longer than that at the equator.
The centrifugal acceleration causes the Earth’s surface to
flatten at the poles and to bulge at the equator. These
effects would adequately explain the observed discrep-
ancy in difference of gravity at the equator and the pole.
It is thus reasonable to equate the earth’s shape to that of
an oblate ellipsoid. The earth’s gravity field on the ellip-
soidal surface varies only with the geographic latitude,
j, and is defined by the International Gravity Formula
(Wilcox, 1989, also see International Gravity Formula)

gðjÞ ¼ 978:0327ð1þ 0:0053024 sin2j

� 0:0000058 sin2 2jÞ
Methods of in situ measurements
Two distinctly different types of gravity measurements are
made: absolute gravity measurements and relative gravity
measurements. If the value of acceleration of gravity can
be determined at the point of measurement directly from
the data observed at that point, the gravity measurement
is absolute (see Gravity Measurements, Absolute). If only
the differences in the value of the acceleration of gravity
are measured between two or more points, the measure-
ments are relative (see Gravity Method, Surface). The
most important gravity field quantities measured on the
earth’s surface are gravity potential differences deter-
mined by leveling in combination with gravity measure-
ment; the modulus of the gravity vector determined by
absolute and relative gravity measurements; the direction
of the gravity vector determined by geodetic-astronomical
observations; and the components of the second-order
gravity gradient tensor determined by torsion balance
measurements.
Surface
th’s

Geoid

cal

N

Ellipsoid

, geoid and reference ellipsoid.
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Satellite geodesy
Satellite geodesy utilizes artificial satellites and the moon
as extraterrestrial targets or sensors. For a point mass earth
model, the orbital motion of a satellite is described by
Kepler’s laws. The actual gravitational field and nongravi-
tational forces create orbital perturbations. Satellites used
for geodetic applications differ in design, equipment, and
orbit according to the respective observation technique
and the mission purpose. Classical measurement methods
based on orbital perturbations, introduced and employed
from 1960s to 1980s demonstrated the efficacy of satellite
observations for establishing large region geodetic control
networks and gravitational field determination (see Grav-
ity Method, Satellite). Now the Global Positioning System
(GPS) has become the most important method for a fast
and precise determination of geodetic positions (see
Geodesy, Ground Positioning and Leveling). Today, the
GPS governs three-dimensional positioning at all scales,
while laser distance measurements primarily contribute
to global reference networks (see Geodesy, Networks
and Reference Systems). By monitoring the ocean surface,
satellite altimetry contributes to gravity field modeling,
and high-resolution global gravity recovery is now possi-
ble from satellite-to-satellite tracking and gravity
gradiometry missions (e.g., GRACE and GOCE mis-
sions). The theory of satellite orbits and measurement
methods was described in detail by Seeber (1993) and
Kaula (1966).
Determining the geoid
An intimate relationship exists between the height of the
geoid, the earth’s gravitational attraction, and the distribu-
tion of mass within the earth. The shape of the geoid does
place important constraints on the mass distribution.
Moreover, since the local vertical is defined as the direc-
tion of the gravitational attraction, which is always
perpendicular to the geoid, geoidal anomalies cause
deflections of the vertical, which are of vital practical
importance for surveyors. Determining the geoid is there-
fore an important objective in geodesy and geophysics.

In the pre-satellite era, the geoid was determined from
the gravity field, which entailed measuring gravitational
attraction or deflections of the vertical (or both) at
a large number of locations around the Earth. Accuracy
and resolution were limited by the number and distribution
of observations that were feasible. Since the advent of arti-
ficial satellites, geoid determinations have become easier,
more accurate, and of higher resolution (see Geoid, Com-
putational Method; Geoid Determination, Theory and
Principles; Gravity Method, Satellite). Since the early
1980s, the mean sea level (or oceanic geoid) has beenmea-
sured directly by a radar-altimeter mounted on a satellite. It
is important to remove the effects of waves, storms, ocean
currents, and other similar effects, but ultimately this
method gives a precision of a few centimeters in geoid
height. Although they cannot be used over land, such mea-
surements have yielded unprecedented high-resolution
coverage of the geoid over the sea (Rapp, 1982a, b;
Sandwell and Schubert, 1982; Cazenave and Monnereau,
1987; Wunsch and Stammer, 1998; Fu and Cazenave,
2001). In recent past, under the NASA Earth System
Science Pathfinder (ESSP) Program, the GRACE mission
was launched to accurately map the variations in the
Earth’s gravity field. The mission has provided the scien-
tists an efficient and cost-effective way to map the Earth’s
gravity fields with high accuracy. The results from this
mission yielded crucial information about the distribution
and flow of mass within the Earth and its surroundings.
The gravity variations that GRACE study include changes
due to surface and deep currents in the ocean, runoff and
ground-water storage on land masses, and exchanges
between ice sheets or glaciers and the oceans. More details
on the mission can be found at http://www.csr.utexas.edu/
grace. Further, satellite gradiometer mission (see Gravity,
Gradiometry) named as Gravity field and steady-state
Ocean Circulation Explorer (GOCE) was designed and
launched by the European Space Agency (ESA) to deter-
mine gravity field anomalies with an accuracy of 1 mGal
and geoid with an accuracy of 1–2 cm. The GOCE will
be gathering data around 20 months to map the Earth’s
gravity field with unparalleled accuracy and spatial resolu-
tion. The final gravity map and model of the geoid will
provide users worldwide with a well-defined data product
that will lead to a better understanding of the physics of the
Earth’s interior to gain new insights into the geodynamics
associated with the lithosphere, mantle composition and
rheology, uplift and subduction processes, a better under-
standing of the ocean currents and heat transport,
a global height-reference system, to serve as a reference
surface to study topographic processes and sea-level
change, better estimates of the thickness of polar ice
sheets and their movement. Further details of the mission
can be found at http://www.esa.int/esaLP/ ESAYEK
1VMOC_LP goce_0.html.
Gravity reduction
Gravity measurements provide values for the acceleration
of gravity at points located on the physical surface of the
earth. Before these measurements can be used for most
geodetic purposes, they must be converted into gravity
anomalies. Gravity measured on the physical surface of
the earth must be distinguished from normal gravity
referring to the surface of the reference ellipsoid. The
measured gravity values show point-to-point variation
on the earth’s surface because the measured field depends
on latitude and elevation of the station and also due to the
effects of topographic masses above sea level (Murthy,
1998). The important corrections to the measured gravity
data include latitude or normal correction, free-air correc-
tion, Bouguer correction, topographic correction, and iso-
static correction (see Gravity, Data to Anomalies). The
latitude correction calculates the normal gravity on the
ellipsoidal surface, the free-air correction extrapolates it
to the level of observation, the topographic and Bouguer
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corrections account for the gravity effect of the material
between the geoid and the ground surface. Isostatic cor-
rection removes long-wavelength variations in the gravity
field inversely related to topography. The magnitudes of
these corrections more often equal to the measured field
itself and therefore should be evaluated carefully and
precisely.
Gravity models
Two important models are in vogue: (1) effect models and
(2) source models (Sünkel, 1989). Effect models deals
with the calculation of four parameters to define the best
fitting ellipsoid to the shape of the earth. These parameters
are the product of the gravitational constant and the total
mass of the earth, a dimensionless dynamical form param-
eter in terms of a second degree spectral coefficient of the
earth’s gravity field which is closely related to the flatten-
ing of the ellipsoid of revolution, the equatorial radius, and
the angular velocity. However, the surface defined by the
above parameters describes the global feature of the shape
of the earth and its gravity field (see Geoid, Computa-
tional Method; Gravity Method, Principles). For more
elaborate models, spherical harmonic coefficients have
to be derived from surface and satellite data (Rapp and
Cruz, 1986). Ditmar et al. (2003) discussed the regulariza-
tion issues of the computation of spherical harmonic coef-
ficients of the gravity gradiometric data acquired by the
GOCE satellite. The effects of high-frequency temporal
gravity field sources due to ocean tides, atmosphere, and
hydrological mass variations on the GOCE satellite-to-
satellite tracking and gradiometer measurements and on
the corresponding geopotential model recovery are
reported by Han et al. (2006) (seeGravity Field, Temporal
Variations from Space Techniques). On the other hand,
source models presume a density model having radially
changing but laterally constant mass density. Such
a density model can be described by a few parameters
and can therefore be compared with an ellipsoidal model.
Conclusions
The gravity field of the earth, which forms the backbone
for the studies relating to geometrical geodesy and physi-
cal geodesy, can be described in terms of potential, its
derivatives both vertical and horizontal in several scales
involving global, regional, and/or local information. The
gradiometer missions will probably replace, even though
not fully but to a large extent, the surface observations,
thereby paving the way for more detailed information on
geoid with unprecedented accuracy.
Bibliography
Cazenave, A., and Monnereau, M., 1987. Seasat gravity undula-

tions in the central Indian Ocean. Physics of the Earth and Plan-
etary Interiors, 48, 130–141.

Ditmar, P., Kusche, J., and Klees, R., 2003. Computation of spheri-
cal harmonic coefficients from gravity gradiometry data to be
acquired by the GOCE satellite: regularization issues. Journal
of Geodesy, 77, 465–477.

Fu, L. L., and Cazenave, A., 2001. Satellite altimetry and earth
sciences, a handbook of techniques and applications. London:
Academic.

Haffman, B. W., and Moritz, H., 2005. Physical Geodesy.
New York: Springer Wien.

Han, S. C., Shum, C. K., Ditmar, P., Visser, P., Van Beelen, C., and
Schrama, E. J. O., 2006. Aliasing effect of high-frequency mass
variations on GOCE recovery of the earth’s gravity field.
Journal of Geodynamics, 41, 69–76.

Heiskanen, W. A., and Moritz, H., 1967. Physical Geodesy.
New York: W. H. Freeman.

Kaula, W. M., 1966. Theory of Satellite Geodesy. Waltham,
Toronto, London: Blaisdell.

Moritz, H., 1980. Advanced Physical Geodesy. Karlsruhe:
Wichmann.

Murthy, I. V. R., 1998. Gravity and Magnetic Interpretation in
Exploration Geophysics. Bangalore: Geological Society of
India.

Rapp, R. H., 1982a. A global atlas of sea surface heights based on
the adjusted Seasat altimeter data. Ohio State University
Department of Geodetic Science and Surveying Report 333.

Rapp, R. H., 1982b. A summary of the results from the OSU analysis
of seasat altimeter data. Ohio State University Department of
Geodetic Science and Surveying Report 335.

Rapp, R. H., and Cruz, Y. J., 1986. Spherical harmonic expansions
of the Earth’s gravitational potential to degree 360 using 30’
mean anomalies. Ohio State University Department of Geodetic
Science and Surveying Report 376.

Sandwell, D. T., and Schubert, G., 1982. Geoid height-age relation
from SEASAT altimeter profiles across the Mendocino fracture
zone. Journal of Geophysical Research, 87, 3949–3958.

Seeber, G., 1993. Satellite Geodesy. Berlin, New York: De Gruyter.
Sigl, R., 1985. Introduction to Potential Theory. Cambridge:

Abacus Press.
Smith, J. R., 1986. From Plane to Spheroid. Rancho Cordova:

Landmark Enterprises.
Sünkel, H., 1989.Geodesy Physical. Berlin: Springer. Encyclopedia

of Earth Sciences Series.
Torge,W., 2001.Geodesy. Germany:Walter deGruyter GmbH&Co.
Wilcox, L., 1989. Gravity Anomalies: Interpretation. Berlin:

Springer. Encyclopedia of Earth Sciences Series.
Wunsch, C., and Stammer, D., 1998. Satellite altimetry, the marine

geoid, and the oceanic general circulation. Annual Review of
Earth and Planetary Sciences, 26, 219–53.

Cross-references
Earth Rotation
Earth, Density Distribution
Geodesy, Figure of the Earth
Geodesy, Ground Positioning and Leveling
Geodesy, Networks and Reference Systems
Geodetic Pendulums, Horizontal Ultra Broad Band
Geoid Determination, Theory and Principles
Geoid Undulation, Interpretation
Geoid, Computational Method
Gravity Field of the Earth
Gravity Field, Temporal Variations from Space Techniques
Gravity Measurements, Absolute
Gravity Method, Satellite
Gravity Method, Surface
Gravity, Data to Anomalies
Gravity, Global Models
Gravity, Gradiometry
International Gravity Formula



336 GEODETIC PENDULUMS, HORIZONTAL ULTRA BROAD BAND
GEODETIC PENDULUMS, HORIZONTAL ULTRA
BROAD BAND

Carla Braitenberg
Department of Geosciences, University of Trieste, Trieste,
Italy

Synonyms
Ultra broad band long base tiltmeter

Definition
The ultra broad band horizontal geodetic pendulum is
a device designed to measure the earth crustal movement
in the range of periods typical of secular movements to
seismic deformations. It measures the variation of the
plumb line (vertical) with respect to the direction of two
earth-fixed reference points (Zadro and Braitenberg, 1999).

Instrument description
The vertical pendulum ismade of amass suspended by a rod
or wire that can oscillate in the vertical plane about
a horizontal axis. For small amplitudes the oscillation
period T depends on the moment of inertia K, the
distance s of the center of mass from the rotation axis, the
mass m, and the gravity acceleration g following
the equation T2 ¼ 4p2K

mgs . If the pendulum is allowed to
oscillate about an inclined axis, the angle of the rotation
axis with the vertical being j, the period of oscillation is
Direction
rotation axis Plumbline

Virtual
rotation

Mi

Position
device

Laser

Upper moun

φ

Geodetic Pendulums, Horizontal Ultra Broad Band, Figure 1 Car
rotates in the horizontal plane about the virtual rotation axis. The a
for the amplification factor of the pendulum.
defined by T2 ¼ 4p2K
sinjmgs . For small values of the angle j,

the rotation axis is near to vertical and the pendulum is called
horizontal pendulum. Compared to the vertical pendulum of
equal dimensions, the horizontal pendulum has an increased
oscillation period. The first realizations of a horizontal pen-
dulum were done in 1830 (Lorenz Hengler), and developed
further by Zöllner (Zöllner, 1871, 1872). The construction
of Zöllner is made of a horizontal rod on which at one end
a mass is attached. At the other end and at a small distance
from it the rod is connected by two wires to a housing struc-
ture (see Figure 1). The two wires are near to vertical above
each other. Supposing the upper fixed point is shifted with
respect to the lower fixed point along the Meridian, so that
the line connecting the two fixed points makes an angle j
with the vertical, then the rod has its equilibrium position
in theMeridian plane. If the direction of the vertical changes
due to the influence of the gravitational attraction of the
moon or sun toward east by a small angle a, the rod will
rotate toward east by the angle a

sinj . A similar rotation of
the rod will be produced by the inclination of the housing
structure or by a horizontal eastward movement of the hous-
ing structure as could be provoked by the passage of
a seismic wave. In order to have an instrument sensitive in
both NS and EW directions, usually a couple of orthogo-
nally mounted pendulums is installed at one station. The
movement of the rod is recorded by a space-sensitive device,
as a magnetic induction coil mounted at the extreme of the
rod or by an optical device that records the light ray reflected
by a mirror mounted on the rod (e.g., Braitenberg et al.,
2006).
 axis
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Grotta Gigante horizontal pendulums
The largest prototype of a horizontal pendulum was built
in 1959 by Antonio Marussi (Marussi, 1959) in a natural
cave (Grotta Gigante) situated in the Italian Carst at
275 m above sea level near the town of Trieste, Italy. Tri-
este is a port on the Adriatic Sea, 150 km East of Venice.
The upper and lower wires of the horizontal pendulum-
rod are fixed directly into the rock, at a vertical distance
of 95 m. The oscillation period of the pendulum is near
to 6 min, and damping is critical. The original recording
of the pendulum was on photographic paper, which was
changed to a digital system in the year 2002. The instru-
ment is very stable, and records multi-decennial crustal
movements. The digital system has a sampling rate of
25 Hz, which makes it possible to observe fast movements
of the pendulum caused by the passage of seismic waves.
The smallest resolved tilt is 0.009 nrad (1 nrad =
10�9 rad).

The continuous record of tilt extends from 1966 to the
present and demonstrates that the cave deforms continu-
ously due to very different causes that act independently
from each other. Each generates a characteristic signal
contributing to the complex deformation of the cave.
The graph in Figure 2a displaying the entire tilt sequence
shows a secular drift that adds to an oscillation with
a period of 33 years. The long-term movement is a tilt of
the cave toward NW, parallel to the coastline, and is prob-
ably tied to a deformation of the Adria plate that is bent
below the load of the sediments in front of the South
Alpine mountain chain. The cause of the multi-annual
oscillation is presently unknown, and could be tied to
large-scale deformations imposed by the active deforma-
tion due to the collision of the Adria and the Eurasian
plate, causing the seismicity at the contact between the
sedimentary plain and the South Alpine mountains. The
tilting of the cave with an annual period (mean period =
365.6 days and mean amplitude = 300 nrad for years
1966–2008; oscillation amplitude defined as half the
peak-to-peak signal) has a characteristic orientation with
extreme values in mid September and mid March. The
annual tilting is due to the combined effect of the deforma-
tions due to the annual surface temperature variations
(sinusoidal with an amplitude of 9.2�C) and to the variable
loading of the Adriatic Sea.

The earth tides generate a tilting that is due to the regu-
lar deformation of the earth in response to the gravitational
attraction of moon and sun, with predominantly diurnal
and semidiurnal periods. The amplitude of the earth tide
tilting is 39 nrad, the gravitational attraction and the load
of the ocean tide contribute to an additional tilt signal at
the same tidal frequencies, but phase shifted with respect
to the astronomical earth tide, leading to a total tidal tilting
signal with a maximum amplitude of 90 nrad. The fault
rupture of an earthquake leads to the generation of the
well-known seismic waves that propagate along the earth
surface and through earth’s interior. Another movement
caused by earthquakes is the oscillation of the earth at its
resonance-frequencies, called the free oscillations. The
crustal rupture causes the earth to pulsate in the spherical
and torsional oscillation modes. The gravest spheroidal
mode 0S2 where the earth deforms with an ellipsoidal pat-
tern has a 54-min period, the more complicated modes
having shorter periods. The gravest torsional mode 0T2
has a period of 43.9 min, one earth hemisphere rotating
with respect to the other around a central axis (Bolt and
Marussi, 1962). The geodetic pendulums of the Grotta
Gigante station are the only instruments in the world that
recorded the free oscillations generated by the greatest
(M = 9.5, Chile, 1960; NEIC, 2010), third greatest (M =
9.1, Sumatra Andaman Islands, 2004; NEIC, 2010), and
fifth greatest earthquake (M = 8.8; Chile, 2010; NEIC,
2010) ever recorded in instrumental seismology. The
observations showed that the amplitude of the free oscilla-
tions of the Chile 1960 earthquake were up to four and
a half times greater than those generated by the Sumatra-
Andaman 2004 event (Braitenberg and Zadro, 2007), the
greatest enhancement being found for the torsional modes
(see spectrum in Figure 2b). The cave deforms not only
due to periodic signals, similar to the ones we described
before, but also due to transients, as pressure variations
and underground water flow. The underground water flow
is particularly interesting in carstic areas: The water from
rainfall penetrates into the rock through pores and cracks
until it finds an impermeable layer along which it flows
downstream toward the sea. The Italian Carst is particular
in this respect, as an entire surface river with an average
flow of 9 m3/s reaching peaks of 100 m3/s during strong
rainfalls, with extreme values up to 390 m3/s, disappears
after its passage through a natural cave (Skocjanske Jame,
2010). The underground river remains concealed for
33 km, until it emerges as a spring from the foot of the
Carst and flows into the Adriatic Sea. The path of the flow
is unknown, but its presence is identified by the geodetic
pendulums. The cave responds in a characteristic direction
to floods, with a signal that lasts in total between 4 and
8 days. The length of the deformation is indicative of the
time the underground river takes to accommodate for the
increased influx of water through the rainfall. The hydro-
logic-induced tilt signal is up to 300 nrad according to
the existing records. Table 1 summarizes the different
causes that generate a tilting of the cave together with
the expected amplitude.

Besides the horizontal geodetic pendulums, other types
of instruments exist with which tilt is observed. In the hor-
izontal water tube, the differential water level at each end
of the tube is measured by laser interferometry (e.g.,
Ferreira et al., 2006). The length of the tube extends over
several tens of meters. Presently active instruments are
found, e.g., at the Finnish Geodetic Institute, Metsähovi
mine (Ruotsalainen, 2008) and in California (Piñon Flat
Observatory, University of California, San Diego). Verti-
cal pendulums are mounted in boreholes for measuring tilt
and the displacement of the pendulum is detected by
a capacitive transducer with resolution of 1 nrad; examples
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are the tiltmeters of the Geodynamic Observatory Moxa,
Thuringia, Germany. Application of a tilt array of this type
to monitor pore pressure variations and minor earthquakes
are given by Jahr et al. (2008). Portable short-base tiltmeters
are used for volcanic monitoring, where the expected tilts
Tilt observation
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Geodetic Pendulums, Horizontal Ultra Broad Band, Table 1 Identified causes that deform the Grotta Gigante cave with
characteristic periods and amplitudes

Cause of deformation Characteristic period
Tilt maximum
observed amplitude Notes

Plate tectonics secular movement Secular movement, near to static 31.4 nrad/year
Plate tectonics multi-annual oscillation* 33 years 316 nrad
Annual variation* 365.6 days 300 nrad Orientation toward N60�E in mid March

and toward N240�E in mid September
Earth tides* Daily, half daily 39 nrad
Ocean loading* Daily, half daily 60 nrad
Free oscillations* of the earth 54 min to a few minutes Up to 0.7 nrad
Underground water flow A few days Up to 300 nrad

*Oscillation amplitude defined as half of the peak-to-peak excursion

Tilting of cave due to underground flood
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Geodetic Pendulums, Horizontal Ultra Broad Band, Figure 2 The graph shows the continuous time series of tilt recorded by
the horizontal geodetic pendulum of Grotta Gigante. (a) Black continuous line are the NS and EW records with daily sampling. The
regular oscillation is the annual tilting. The multi-decadal variation is the sum of an oscillation of 33 years (thick line) and a linear
variation (dashed line). The spikes are due to tilting caused by floods of the underground carstic water flow. Asterisks mark data
interruptions. (b) Spectral amplitudes in the frequency range of the free oscillations following the earthquakes of Chile 1960 (CHI-NS,
CHI-EW) and Sumatra-Andaman 2004 (SU-NS, SU-EW). (c) The tilting of the cave due to the underground flooding: The thick line
shows tilting of the cave during the flood and the z-axis is the time. The thinner line shows the tilting during the flooding in the EW
and NS direction. Furthermore, the water level in a nearby cave during a flood is shown.
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Summary
The ultra broad band horizontal geodetic pendulum mea-
sures the inclination of a reference axis with respect to the
vertical. The prototype installed in the Giant Cave in
North-Eastern Italy has shown that the deformations that
affect the upper crust are due to tectonic effects (seismic
waves, free oscillations of the earth, coseismic deformation,
tectonic plate deformation) and due to environmental effects
(thermoelastic deformation, hydrologic water flow, ocean
loading). The existing record of the greatest seismic event
ever measured, the Chile 1960 earthquake, allows to make
an absolute magnitude comparison with recent events due
to the fact that amplitude factor, the instrumentational setup,
and the location are perfectly known and controllable today.
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Links to geodynamic observatories with active
tiltmeters
Finnish Geodetic Institute: http://www.fgi.fi/tutkimus/tiedot_

aiheesta_eng.php?projekti=19
Geodynamic Observatory Moxa: http://www.geo.uni-jena.de/

Homepage-Moxa-englisch/start.html
Plate Boundary Project, Earthscope, http://www.earthscope.org/

observatories/pbo
University California San Diego: http://pfostrain.ucsd.edu
USGS volcano monitoring with tiltmeters: http://volcanoes.usgs.

gov/activity/methods/deformation/tilt/index.php
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Definition
Geodynamics (noun, functioning in the singular).
A broad, multidisciplinary branch of geophysics that
investigates the causes and consequences of the forces act-
ing on and inside the solid Earth and the rock movements
and deformations they produce.
Geodynamic, geodynamical (adjective). Relating or
pertaining to the field of geodynamics.

The term geodynamics originates from two root words
of Greek origin: geo-, relating to the Earth, and dynamics,
the branch of physics that involves the study of forces act-
ing on bodies and the changes in motion they produce. As
the name therefore suggests, the focus of geodynamics is
on the forces that act on the solid Earth and the motions
and deformation they produce.

Historically, in the late nineteenth and early twentieth
century, when geodynamics was emerging as a distinct field
of study, it also included the earliest systematic investiga-
tions of earthquakes and propagating seismic waves. These
studies later evolved into a separate branch of geophysics
called seismology. Modern geodynamics investigates
forces andmovements over timescales that exceed the char-
acteristic periods of propagating earthquake waves and
corresponding Earth oscillations (i.e., approximately rang-
ing from a second to an hour). On these longer timescales,
for geodynamic processes ranging from Earth tides (hours
to years) to postglacial rebound (thousands of years) and
ultimately plate tectonics (millions of years), the deforma-
tion is sufficiently slow that the acceleration of the material
is entirely negligible (i.e., the deformation is quasistatic).

The forces studied in geodynamics mainly originate
from lateral changes in density Dr on or within the Earth,
thereby producing buoyancy or Archimedes forces Dr g
per unit volume, where g is Earth’s gravitational field.
For example, lateral density variations due to thermal
plumes in the convecting mantle give rise to buoyancy
forces Dr g ¼ arDT g, where a is the coefficient of ther-
mal expansion and DT are the lateral temperature anoma-
lies between the plumes and ambient mantle. These
thermal buoyancy forces drive the convective circulation
in the mantle and the corresponding surface motions of
the tectonic plates. Similarly, the topographic depressions
Dh at the Earth’s surface left behind by the rapid melting
of the massive ice sheets that once covered Canada and
Scandinavia about 20,000 years ago, give rise to buoyancy
forces Dhr g per unit area that are focused at the surface
(here r is the average density of the crust). Postglacial
rebound is the slow viscous creep of the mantle and the
resulting uplift of the crust produced by these surface
forces.

There are also external forces rHfwhere, for example,
Hf is the gradient of the gravitational potential generated
by the attraction of the Sun and Moon, or it may represent
the centrifugal force due to Earth’s diurnal rotation. For
the former case, these forces produce the tidal deforma-
tions in the Earth or, for the latter case, they produce the
oblate ellipsoidal shape of the Earth. These tidal and rota-
tional forces change over an enormous range of time-
scales, from a few hours to hundreds of millions of
years, and they produce globally distributed deformations
throughout the Earth’s interior and at the surface.
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A major area of geodynamics research is the measure-
ment and the quantitative modeling of forces and deforma-
tions in the crust, underlying lithosphere and deep mantle.
An understanding of the relationship between force and
deformation requires detailed knowledge of the rheology
of the solid Earth that depends on the ambient tempera-
ture, pressure, and the timescales over which the forces
are applied. For example, on timescales corresponding
to the tides, the solid Earth behaves like an imperfectly
elastic body. However, on the much longer timescales of
mantle convection and plate tectonics, the solid mantle
effectively behaves like a fluid medium with an extremely
high viscosity.

The effective viscosity � of the mantle is one of the
most important parameters in geodynamics because it
controls the speed at which the mantle may flow and
deform in response to buoyancy forces. The characteristic
flow speed is v ¼ DrgLD=� where L represents the lateral
dimension (distance) of the density anomalies andD is the
depth (typically that of the mantle) over which they exist.
Flow velocities in the mantle are of the order of several
centimeters per year, similar to those of the moving sur-
face plates. This flow velocity determines the efficiency
of convective heat transport across the mantle and hence
governs the thermal (and chemical) evolution of the Earth.
For this reason, a great deal of work in the second half of
the twentieth century, and up to the present day, is dedi-
cated to constraining the value and spatial variation of
mantle viscosity from the analysis of various geodynamic
data sets (e.g., from postglacial uplift rates, geoid anoma-
lies, long-term sea level variations, plate motions).

The range of geophysical phenomena studied in
geodynamics has increased greatly over the course of the
twentieth century. For example, an early treatise on
geodynamics by Love (1911) provided a detailed mathe-
matical description of a range of problems that included
the isostatic support of continents, the height of mountains
chains and the forces required to maintain them, the Earth
tides, the propagation of earthquake waves and the oscilla-
tions of the entire Earth produced by earthquakes. With
the advent of plate tectonics and the acceptance that some
form of thermal convection in the mantle is necessary to
drive the plate motions, the scope of geodynamical inves-
tigations has been greatly enlarged.

Modern geodynamics research deals with a multitude
of problems relating to plate tectonics and heat transfer
in the Earth, as well as numerous studies of the rheology
of the mantle and the crust-lithosphere system that bear
directly on the efficiency of heat transport across these dif-
ferent structures. The very wide range of problems now
included in contemporary geodynamics is well illustrated
by Turcotte and Schubert (2002) and Schubert et al.
(2004). Depending on the specific problem, it is difficult,
if not impossible, to devise analog laboratory experiments
that can properly incorporate the complex spatial varia-
tions of the physical properties of the solid Earth. This dif-
ficulty is further compounded when it is necessary to
model geodynamic processes over extremely large spatial
and temporal scales, as in the case of mantle convection
and plate tectonics. To address these major challenges,
the rapidly growing field of computational geodynamics
has emerged, in which very complex problems in Earth
dynamics are now routinely solved by numerical simula-
tions on high-performance computers (e.g., Ismail-Zadeh
and Tackley, 2010).
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Definitions and scope
Geoelectromagnetism, in the broad sense, includes the
application of classical electrodynamics to various interre-
lated regions of space (Sun, interplanetary field, magneto-
sphere, ionosphere, atmosphere), on and below the Earth
surface (near-surface regions, crust, upper mantle [or lith-
osphere and asthenosphere using alternative nomencla-
ture], lower mantle, and Earth’s core). Over the Earth
surface the dominant phenomena of geoelectromagnetism
are electromagnetic waves, in a wide spectrum. The elec-
tromagnetic waves do not penetrate deep into the Earth.
Instead, the propagation of the electromagnetic field
inside the Earth is a diffusion process.

In a narrower sense, geoelectromagnetism means the
application of time variations of natural electromagnetic
fields to the study of the electric resistivity distribution



342 GEOELECTROMAGNETISM
in the Earth’s interior, which gives indispensable informa-
tion about the structure, composition, and processes of the
subsurface.

The term electromagnetic geophysics is also used, but
electromagnetic geophysics in general includes all explo-
ration techniques, which may employ not only natural
sources, but various man-made sources as well. In order
to investigate very deep structures, extremely large-size
sources of natural electromagnetic field variations should
be used. In the following, we restrict ourselves to those
geoelectromagnetic methods that apply natural electro-
magnetic field variations as the source to study deeper
(lithosphere, asthenosphere, and upper mantle) geological
structures.
Introduction
Of three electromagnetic parameters (magnetic permeabil-
ity, electrical resistivity, and permittivity) associated with
the subsurface geology, only the magnetic permeability
and the electrical resistivity are relevant because of the dif-
fusive nature of the electromagnetic field propagation.
The magnetic permeability is usually assumed to be
constant, which� apart from some exceptional cases�
has been seen to be a good assumption. The electrical
conductivity s of various earth materials varies over an
extremely wide range; therefore, its spatial distribution
reflects most structural/physical/petrological changes in
the Earth. In practice, instead of the conductivity, the
electrical resistivity r, where r= 1/s, is often used. The
ohm-meter (or Om) is the unit of measurement.

These methods are classified on the basis of the mea-
sured geoelectromagnetic field components. When only
the electric field variations are measured, we speak about
the telluric or Earth current technique, or tellurics (TT)
for short. If only the geomagnetic field components are
measured (usually as a function of the period of the time
variations of the electromagnetic field), the method is
known as “Geomagnetic Deep Sounding” (GDS for
short), or by its other name: “MagnetoVariation Sound-
ing” (MVS). Electrical conductivity anomalies (i.e., the
zones of concentration of electric current) can be located
by using the so-called “Magneto-Variation Profiling”
(MVP), where the so-called induction vectors point to
the current concentrations. A more sophisticated tech-
nique is the “Magnetotelluric Sounding” (MTS) or shortly
“magnetotellurics” (MT), where both the electric and
magnetic field variations are measured in a broad period
range (see Skin Depth).

Although the Geomagnetic Deep Sounding (the
MagnetoVariation Sounding) is more or less coeval with
observatory records (see, e.g., Lamb, 1883), the history
of almost all these variants dates back to about six
decades. The MVP and its induction vectors were intro-
duced in the second half of 1950s in studying the anoma-
lous behavior of geomagnetic variations in North
Germany (e.g., Schmucker, 1959; Wiese, 1965). The the-
oretical basis of the magnetotelluric (MT) method was laid
by Tikhonov (1950) and Cagniard (1953). The first MT
field measurements were carried out in the early 1960s.
Application of the tellurics (i.e., the simplest technique)
to investigate large sedimentary basins started in the
middle of the twentieth century in Hungary (Kántás,
1954) and elsewhere.

In the following, the principles of these geoelectro-
magnetic methods will be presented. We summarize the
governing equations of MVS, MVP, and MT techniques
and illustrate their field application. The telluric measure-
ments being the special case of the magnetotelluric
method used in the so-called S-interval (see Figure 4)
where the phase approximates zero, is not discussed here
in detail.
Magnetovariational sounding (MVS) and
magnetovariational profiling (MVP)
By simultaneously measuring the time variations of the
horizontal and vertical geomagnetic field components at
a site, it is possible to determine the subsurface electrical
resistivity. Carrying out the measurements in a broad
period interval, the depth-dependence of the electrical
resistivity can be estimated (see Skin Depth).

For a spherical Earth, this technique is able to provide
information about the Earth’s conductivity down to the
depths of 1,200–1,800 km in the mantle (Bailey, 1973;
Rokityansky, 1982). For shallower studies (i.e., down to
depths of less than approximately 100 km) the Earth’s
surface may be considered as plane.

The magnetovariational profiling (MVP) aims at locat-
ing large lateral inhomogeneities of the Earth’s crust and
upper mantle. In the recent book by Berdichevsky and
Dmitriev (2008), this theme is discussed in detail under
the title “Magnetovariation Studies.”
Deep mantle MVS studies
We follow Rokityansky (1982) nomenclature concerning
the deep mantle studies. The field source of so-called
Dst geomagnetic variations (used recently by Yu Semenov
et al., 1997; Yu Semenov et al., 2008) is the ring current at
the equator. When the vertical magnetic field of the ring
current source is approximated by the first term in its
spherical harmonic expansion, that is, Hz � P0

1 cos yð Þ
where P0

1 is the associated Legendre function in the first
term of the expansion, the ratio of vertical (Hz) to horizon-

tal
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
H2

x þ H2
y

q� �
field component can be converted into

the complex apparent resistivity (Rokityansky, 1982). (In
standard practice, x and y are the horizontal components,
with the x-axis pointing northward, and the positive z-axis
directed vertically downwards into the ground.) If the
magnetic permeability (m), the radius of the Earth (R),
the geomagnetic colatitude of an observatory (Y), and
the angular frequency (o) in the assumed time-
dependence eiot are known, then the apparent resistivity
r is given as
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Yu Semenov et al. (1997) used the daily mean values of

geomagnetic observatories. Their first step in the analysis
was a rotation of the observatory reference systems to
determine the maximum Dst field (Schultz and Larsen,
1983). For the agreement between the horizontal Dst field
and the first spherical harmonic model of the source,
a coherence test was carried out. The period ranges, which
were in contradiction with the source model, were
excluded from further analysis. The transfer functions

between the vertical (Hz) and horizontal
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
H2

x þ H2
y

q
com-

ponents were computed only if the coherence values were
greater than 0.7 between them. The transfer functions
were converted into apparent resistivity. Yu Semenov
et al. (1997) combined the magnetovariational data with
the results of magnetotelluric sounding in observatories
and estimated, by using a robust technique, the resistivity
model below the observatories. The mean geoelectric
structure of the mantle below the Pannonian Basin is
shown in Figure 1 on the basis of data from Nagycenk,
Litke (Hungary), and Hurbanovo (Slovakia). A more
detailed combinedMV+MTstudy in East-Central Europe
pointed out a significant difference in the Precambrian and
Phanerozoic mantle structures, separated by the
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oelectromagnetism, Figure 1 The mean geoelectrical
ucture of the mantle in the Pannonian Basin using the
gnetic records of Nagycenk, Litke (Hungary), and Hurbanovo
ovakia) for magnetovariational soundings (Yu Semenov et al.,
97).
Tornquist-Teisseyre Zone (TESZ line; Yu Semenov
et al., 2008).

Schmucker (2003) proposal for the generalized hori-
zontal spatial gradient method (gSHG) is promising for
a reliable combination with the MT method as stated
recently by Vozar and Semenov (2010) modeling. Kelbert
et al. (2009) inverted long period geomagnetic response
functions to derive a global-scale 3D model of electrical
conductivity variations in the Earth’s mantle. Their
results – one order magnitude conductivity increase in
the subduction zones – support the presence of at least
some water in these transition zones.

Magnetovariational profiling
It is evident from the Biot–Savart law that on the surface,
just over and near the center of a horizontal lineament of
high electrical conductivity in the subsurface, in which
the telluric currents are gathered, the measured vertical
magnetic component Hz is zero. More precisely, Hz is
changing sign along a profile, crossing the lineament. At

the same time, the horizontal component
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
H2

x þ H2
y

q
has

a maximum over the lineament, with a moderate decrease

on both sides. Therefore, the Hz

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
H2

x þ H2
y

q.
ratio can be

drawn as a vector, that is, a quantity having magnitude and
direction. It is called “induction vector” or “induction
arrow.”Along a measuring profile crossing the lineament,
the induction arrow will change sign. Induction arrow pro-
files at various periods provide useful depth information.
The origin of the method goes back to the resolution of
a paradox, namely when the vertical component of
substorms in two German geomagnetic observatories
(Wingst and Niemegk) proved to be of opposite sign. This
paradox was attributed later to the North German anomaly
(Schmucker, 1959).

The source of the method is the same as that of all other
geoelectromagnetic methods and a similar time series
analysis is needed to separate the variations of different
periods (frequencies) for single station and array measure-
ments too. Array and single site transfer functions are
applied.

Array transfer function
The normal field is that which would exist in the presence
of one-dimensional layered structure in which the inho-
mogeneity is embedded. The anomalous field is then most
simply defined as the total measured field minus the
normal field.

Due to the linearity of the Maxwell field equations,
there exists a linear relationship between the anomalous
and normal magnetic field components (Schmucker,
1970).

Hxa ¼ TxxHxn þ TxyHyn þ TxzHzn þ ex
Hya ¼ TyxHxn þ TyyHyn þ TyzHzn þ ey
Hza ¼ TzxHxn þ TzyHyn þ TzzHzn þ ez
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whereHx,Hy, and Hz are the field components and e is the
error of the relation. All these T quantities are period
dependent and complex. Subscript “a” and “n” refer to
anomalous and normal parts, respectively. The assump-
tion that the source field is uniform, allows the normal part
of the Hz component to be taken as zero. Accordingly, the
third term on the right-hand side of equations can be
neglected.

Single site transfer function
With the following condition

Hzn � Hza; Hxa � Hxn; Hya � Hyn

the relation between the vertical and horizontal compo-
nents is

Hza ¼ TzxHx þ TzyHy;

where Tzx and Tzy are complex values.
Induction vectors (arrows) are computed separately

from the real and imaginary parts of the T values.
In practice two variants are used (Wiese, 1965; Parkinson,
1959). The vector lengths in both cases are the same:

Lr ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ReTzxð Þ2 þ ReTzy

� 	2q
;

Li ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ImTzxð Þ2 þ ImTzy

� 	2q
:

The azimuth of the Wiese vector (arrow)
fw ¼ tan�1 Tzy
Tzx
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Geoelectromagnetism, Figure 2 Wiese induction vectors measure
Jankowski et al., 2005).
gives the direction of the maximum correlation between
the upward vertical and horizontal field component. This
definition of the azimuth implies that the x-axis is directed
northwards. The magnitude (length) represents the ratio of
vertical field amplitude to the amplitude of the horizontal
component with which it correlates (Arora, 1997). The
Wiese vectors point away from areas of higher conductiv-
ity. Conversely, the azimuth of the Parkinson arrow points
towards the high electrical conductivity region. The induc-
tion arrows when displayed on the map clearly identify the
location and trend of subsurface conductivity anomalies
(Arora, 1997).

The MVP (induction vector) has an extended literature.
Rokityansky (1982) provided a series of model studies.
Arora (1997) published several alternative approxima-
tions, which might better determine the structure of the
conductive bodies, for example, “perturbation arrows,”
“hypothetical event analysis,” Z/H “pseudosection,” and
2D modeling.

Among the field studies conducted in East-Central
Europe in which induction vectors were plotted, it is the
Carpathian conductivity anomaly (indicated at first by
Wiese, 1965) that has received the greatest attention,
attracting scientists from all neighboring countries. The
distribution of the induction vectors is shown in Figure 2
(after Jankowski et al., 2005) and one of the best models
is shown in Figure 3 (Zhdanov et al., 1986). For the
assumed conductive region between 10 and 20 km there
are two alternative hypotheses: (a) porous rocks saturated
by mineralized water (ionic conduction), (b) conducting
rock complex connected to graphite.
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At present the induction vectors form an integral part of
routine MT interpretation software (e.g., WinGlink) and
the vertical magnetic components are also incorporated
in MT inversion.

Magnetotelluric soundings
Basic formulas
Magnetotellurics (MT) means a joint measurement of the
natural electric and magnetic field variations on the sur-
face. Its energy source is partly the same as that of MVS
andMVP. Namely, at frequencies f< 5 Hz the electromag-
netic (EM) source field is generated by ionospheric as
well as magnetospheric phenomena (micropulsations,
substorms, etc.) and at frequencies f> 5 Hz the EM field
is due to worldwide lightning. The source field penetrates
into the Earth, where it is reflected from all resistivity
interfaces. The measured field is the sum of the primary
(source) and secondary (subsurface-dependent) fields.
The signal propagation in the subsurface is diffusive. Skin
depth d is the depth at which a uniform field is attenuated
to 1/e of its surface amplitude in a conductor of uniform
conductivity:

d ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2=mso

p
;

where s is the conductivity (Sm�1), m is the magnetic per-
meability (Hm�1), and o � 2p f is the angular frequency
with f denoting the frequency (Hz). The free-space value
of magnetic permeability m ¼ m0 ¼ 4p� 10�7Hm�1ð Þ is
generally assumed. As shown in the above equation, the
lower the frequency is, the larger is the magnetotelluric
depth of investigation.

The time variations of the two horizontal (Ex and Ey)
components of the electric (or telluric) field are mea-
sured by using non-polarizable electrodes in a broad
period range. The Hx and Hy horizontal geomagnetic
field components are measured either with induction
coils or fluxgates. From the time series of the horizontal
electric and magnetic field components their frequency
spectra are determined. In the simplest case, from
Ex(o) and Hy(o) a complex impedance Z(o) is com-
puted as follows:

ZxyðoÞ ¼ ExðoÞ
HyðoÞ :
From Z the apparent resistivity r (i.e., the electrical
resistivity of a fictitious homogeneous half-space) is
defined as
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r ¼ 1
om

Zxy
�� ��2:

The phase difference between the electric and geomag-

netic components is given as

j ¼ argZxy ¼ tan�1 ImZxy
ReZxy

:

In the general case, the impedance is a period-

dependent tensor:

Ex

Ey

����
���� ¼

Zxx Zxy
Zyx Zyy

����
����
Hx

Hy

����
����

where Zxy and Zyx are the antidiagonal or main impedance
elements and Zxx and Zyy are the diagonal or additional
elements.

For a 1D model (where the geoelectric structure varies
exclusively with depth), the impedance elements are,
theoretically, in the following relationships:

Zxy ¼ �Zyx and Zxx ¼ Zyy ¼ 0:

For a 2D model (where the resistivity section does not

change in one of the horizontal direction named by strike
direction), the apparent resistivity calculated from Ex and
Hy components will differ from that derived from Ey and
Hx, that is,

Zxy 6¼ Zyx

Furthermore, Z = Z = 0 is valid exclusively when the
xx yy
horizontal axes are aligned along and perpendicular to the
strike direction.

One of the basic modes is called as TE mode (or
E-polarization), where the electric field exists only in
strike direction. The other basic mode is called as TM
mode (or H- or B-polarization), where it is the magnetic
field, which has one single component parallel to the strike
direction. In the TE mode, there is also a measurable
vertical magnetic component (Hz), which is usually also
measured; in the TM mode, there is a measurable vertical
electric component (which is not measured). The TE and
TM mode apparent resistivities represent the geoelectric
structure in two different ways. The TE mode is more
sensitive to deep conductive anomalies, while the TM
mode – due to the charge accumulation at the resistivity
boundaries – is more sensitive to the inhomogeneity
boundaries.

When the model is 3D, the complete impedance tensor
has four nonzero complex elements.

MT sounding curves are obtained by plotting apparent
resistivity and impedance phase as functions of period
(or square root of the period) over a wide period range.
In Figure 4, a 2 layer 1D resistivity model is shown. Note
that the resistivity curve is fully logarithmic while the
phase curve is semi-logarithmic. Zxy (o) and Zyx (o) serve
as the basis of the TE and TMmode r(o) andj(o) sound-
ing curves. Computing the impedance elements in rotated
coordinate systems, one obtains so-called polar diagrams,
which characterize the anisotropy of the resistivity
distribution.

Interpretation
Complex impedance elements recorded over a range of
periods and at many sites along a profile or over an area,
can be used to estimate the true resistivity distribution of
the subsurface. This procedure is called inversion. Before
carrying out inversion, the impedance elements should be
corrected from distortions of both technical and structural
origin. The “remote reference”method – using the data of
simultaneous measuring sites in the processing – reduces,
for example, the effect of man-made electromagnetic
noises (Gamble et al., 1979). Different decomposition
techniques (e.g., (Larsen, 1977; Groom and Bailey,
1989; Bahr, 1991); corrected by Prácser and Szarka,
1999; Caldwell et al., 2004) enable suppression of the
effect of a near-surface small 3D inhomogeneity causing
the “static shift” of galvanic origin. At the same time they
inform how well the impedance data correspond to a 2D
resistivity model, and give an estimate for the strike direc-
tion, too. The papers by Bibby et al. (2005) and byWeaver
et al. (2006) also explore the role of the phase tensor in
determining dimensionality and strike direction. Due to
the fact that the inversion is inherently nonunique, addi-
tional geophysical and geological information is needed
in order to get a realistic model of the subsurface. The
most frequently used 2D inversion algorithms in
magnetotellurics are those by Rodi and Mackie (2001)
and Siripunvaraporn and Egbert (2000) (see Figure 7).
The fitness of the modeled and measured data is character-
ized by the root-mean-square (rms) values. Various EM
imaging procedures, exploiting the whole information
content of the impedance tensor, may also be useful, as
proposed by Szarka et al. (2005) and Weaver et al.
(2000). For this purpose, Szarka and Menvielle (1997)
recommended the system of independent rotational invari-
ants of the impedance tensor. The usefulness of this
approach was demonstrated in detail by Novák (2009)
using field data. In recent years, many papers have been
published on 3D modeling and inversion and some have
been presented at the biennial International Association
of Geomagnetism and Aeronomy (IAGA) Workshops on
Electromagnetic Induction in the Earth, including reviews
of these topics, e.g., Avdeev (2005).

Application to geosciences and future directions
MVS, MVP, MT, and to a lesser extent tellurics have
received a very wide application in studying the structure
and physical processes of the Earth at various local,
regional, and global scales. The development of field
applications has been disseminated at the biennial IAGA
electromagnetic induction workshops since 1972 (see
MTNet website, http://www.dias.ie/mtnet/working group/
wg_wsreviews.html) and at assemblies of IAGA. For
example, at the last (11th) IAGA Assembly (Sopron,
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23–30 August 2009, www.iaga2009sopron.hu), a wide
spectrum of geoelectromagnetic studies, from the surface
to the middle of mantle, was presented: theoretical and
practical aspects of near-surface and environmental prob-
lems, oceanic geophysical exploration, formation and defor-
mation of the continental lithosphere, crustal tectonic
processes, deep mantle structure, and data interpretation
methods.

In order to illustrate the wealth of geoelectromagnetic
applications, the authors present a selection from their
own results from the Pannonian Basin, which is a very
complex geological-geophysical unit of the Carpatho-
Pannonian region. Such a summary cannot be done with-
out mentioning other geoelectromagnetic investigations
of the most well-known global geodynamic phenomena,
such as the active plate tectonics in the Himalayas, Andes,
San Andreas Fault, Afar region, etc. Earth being a
“dynamic planet,” great efforts have also been devoted
to mitigate the geohazards: earthquakes, volcanoes (as
accompanying phenomena of the plate tectonics), and
landslides (Bedrosian, 2007; Korja, 2007).

Before discussing the electrical conductivity anomalies/
structures in the Pannonian Basin, we give a short descrip-
tion about its geology from those aspects that constrain the
spatial distribution of electrical resistivity in the subsur-
face. The Pannonian Basin has a fairly thick and relatively
uniform low electrical resistivity sedimentary cover of
Late Tertiary origin, which was investigated in detail by
telluric/magnetotelluric soundings. According to Haas
(2001), the Pre-Neogene basement “shows a mosaic pat-
tern of heterogeneous structural elements, a collage of
allochthonous terrains derived from different parts of the
Tethyan realm” (Figure 5). In the basement there are two
large Mega-units of composite terrains, which are sepa-
rated by the ENE-WSW trending Mid-Hungarian Linea-
ment. The South-Pannonian Mega-unit is the so-called
TISIA (TISZA) Terrain and the North-Pannonian one is
the so-called ALCAPA Mega-unit, which was formed
from different smaller terrains. One of them is the PELSO
in its southern part.

The evolution of the Pannonian Basin is significantly
determined by the Miocene synrift, accompanied with
a strong thermal heating, and leading to appraisal of
crustal and mantle horizons and an extension of the basin
by 10 to 30%, pre-dominantly in the NE–SW direction
(Horváth and Berckhemer, 1982). These features are
extremely dominant in the deep extensional sedimentary
sub-basins (e.g., in the Békés basin).



Geoelectromagnetism, Figure 5 Pre-Tertiary structural units of Hungary and depth of the pre-tertiary basement (Haas, 2001).
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The spatial distribution of electrical resistivity/
conductivity is influenced in the Pannonian Basin by the
position, boundaries, and mosaic structure of the Mega-
units and tectonic and thermal effects in the lithosphere,
caused by synrift extension that has only been slowly
compensated by the presently ongoing compression of
the basin. The conductivity structures conserve the history
of basin. Due to upheating of the Pannonian Basin – indi-
cated by the high heat flow values at the surface of about
100 mW/m2 – two geoelectric conductors are in an ele-
vated position, in comparison to the surrounding mainly
outer Carpathian: Paleozoic and Proterozoic regions.

Application of geoelectromagnetic methods is illus-
trated in five snapshots, representing various depth ranges:
asthenosphere, mega-blocks, middle crust, upper crust,
and near-surface.

1. Asthenosphere. The depth of the high-conductivity
asthenosphere – in which the temperature approxi-
mates the solidus of the mantle peridotite, so that
a partial melting can start – is in the Pannonian Basin
at about 60 km depth, indicated by Ádám (1965). In
platforms and shield areas the asthenosphere is at much
deeper position – if it exists at all. Its estimated value is
about 250 km as concluded by extended projects such
as BEAR in Finland (Korja and BEAR Working
Group, 2003) and CEMES (Yu Semenov et al., 2008)
in East-Central Europe (See also Figure 3). The MT
indications of the conductive asthenosphere at an ele-
vated position within Pannonian Basin were confirmed
with reflection seismics (Posgay, 1975) and also with
a thermobarographic diagram of well-equilibrated peri-
dotite xenolith from the PELSO (Embey-Isztin et al.,
2001). The elevated position is in close correlation with
enhanced heat flow values (Figure 6a, Ádám, 1978). Its
smallest depth of about 50 km was observed in
the Békés extensional subbasin (Ádám et al., 1996).
The map of asthenospheric depth in and around the
Pannonian Basin is shown by Figure 6b as the result
of seismic, seismological, and magnetotelluric mea-
surements (See in Horváth et al., 2006, based partly
on the MT data of Ádám and Wesztergom, 2001).

2. Middle crust. In the middle crust the transition between
the brittle and ductile zone is also temperature depen-
dent, which might be due to dehydration as proposed
by Hyndman and Shearer (1989). Ádám (1978, 1987)
found a relation between the mid-crustal conductivity
increase and the regional heat flow values. In the
Pannonian Basin there is only a weak indication of this
anomaly at a depth of about 15–17 km, but this is
supported by the lower limit of seismic focal depths
and by strength decrease. The electrical conductivity
of the lower crust was reviewed by Jones (1992).

3. Boundaries of mega-units. The boundaries of the
Mega-units and their mosaics in the Pannonian Basin
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were studied among others along the deep seismic
CEL-07 profile in SW Hungary with 72 deep MTS.
The distance between neighboring magnetotelluric
stations was in average only 2 km. The CEL-07 profile
is shown together with the complicated basement
tectonic structure in Figure 5.

The resistivity profile of the TE mode inversion
along CEL-07 is shown in Figure 7 (the TM mode
inversion profile is strongly distorted by charge accu-
mulation at the boundary of electrical inhomogeneities
falsifying the values of the resistivity distribution). The
TE mode inversion clearly expresses the conductivity
anomalies at the boundaries of the Mega-units: the
Balaton +Balatonfő double lineaments at the southern
border of the PELSO M.u. (mosaic of the ALCAPA
M.u.) and the Mid-Hungarian Line at the northern
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border of TISIA M.u. The horizontal electric conduc-
tance of the lineaments is about 2,500–3,000 S,
starting at a depth of about 7 km. The source of the con-
ductivity anomaly is certainly hot saline fluid
containing also SiO2 solution. Deep borehole data refer
to accumulation of CO2, increase of He concentration,
etc. in the deep fractures. A high value of convective
heat transfer, especially in volcanic eruption centers,
also increases the electrical conductivity in these tec-
tonic zones, which (e.g., the Balaton Line) is also indi-
cated by the zero value of the induction vectors (Ádám
et al., 2005).

4. Crustal conductivity anomalies. On the northern part
of the CEL-07 resistivity profile there appears another
conductivity anomaly that is assumed to be the contin-
uation or ending of one of the extreme high fracture
zones related to the Transdanubian Conductivity
Anomaly (TCA) studied by 300 deep MT soundings
(Ádám, 2001). The TCA consists of a conductive layer
at about 5 km depth and of three significant fracture
zones in the NE–SW direction. Their horizontal elec-
tric conductance value can reach 10,000 S. Such high
conductance values make it probable that the sources
of the anomaly are graphite/graphitic shists as well as
fluid, which are partly within, and partly under the
thick Mesozoic limestone sequence of the Bakony
Mts. In this area there is significant seismic attenuation
(Zsíros, 1985), and this must be due to an electrical
conductor (Glover and Ádám, 2008). The large frac-
tures as shown by the strongly reduced induction vec-
tors (Figure 8) are connected to the hypocenters of
the earthquakes (e.g., Mór in, 1809, Berhida in 1985,
rarely exceeding a magnitude of 6 on Richter’s scale).
Glover and Ádám (2008) found a correlation between
the depth to the zone of this high electrical conductivity
anomaly and earthquake focal depths. According to
Ogawa (2007) the earthquakes occur at the boundaries
of the electric conductors, where only aseismic slip or
elastic deformation can happen, rather than within the
conductors themselves. In this way the energy can be
transported towards the brittle zone, causing devastat-
ing earthquakes. In the presence of the hypothetical
enhancement of magnetic permeability at the Curie
depth (Kiss et al., 2005), MT interpretation of upper
and middle crustal inhomogeneities should be carried
out with a special care.

5. Near-surface. In order to study the near-surface depth
range, either higher frequencies or local sources should
be applied. Various high-frequency variants have been
developed: instead of the classical MVP the so-called
VLF; instead of the classical magnetotellurics:
audiomagnetotellurics (AMT), radiomagnetotellurics
(RMT), or VLF-EM. If the source is finite, we quickly
arrive at various near-surface electromagnetic induc-
tion and direct current methods.

As a result of the various EM induction methods
becoming increasingly important, the number of
geoelectromagnetic papers published in international
journals has shown an upward trend. Recently, Bedrosian
(2007) reviewed MT measurements, which were carried
out in the Himalayas (Lemonnier et al., 1999), in Southern
Tibet (Li et al., 2003), in the Andean margin (Brasse et al.,
2002), etc. In each of these dynamic areas the electrical
conductivity anomalies appear at their most active
segments, which has been also indicated by thermal acti-
vation (in forms of high heat flow), earthquakes, volca-
noes, recent crustal movements, regional metamorphism
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(e.g., graphitization), partial melting, etc. Korja (2007)
gives in his review a comprehensive description about
the conductive anomalies in Europe. As Bedrosian
(2007) stated, for a correct interpretation of MT (EM)
data, due to the nonuniqueness of the geophysical inverse
problems, independent geological and geophysical infor-
mation is necessary. This conclusion is highly confirmed
by our experiences with geoelectromagnetic results from
the Pannonian Basin.

For further reading on various topics in geoelectro-
magnetism covered in this entry, both practical and theo-
retical, the reader is referred to the specialized
monographs by Wait (1962), Berdichevsky and Zhdanov
(1984), Weaver (1994), Simpson and Bahr (2005), and
Zhdanov (2009) among others in sequence of the publica-
tion year.
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Synonyms
Equipotential surface at mean sea level

Definition
Geoid. The gravitational equipotential surface of the earth
that matches with the best approximation of the “mean sea
level.”
Tectonic forces. Forces originating from within the earth
that alters surface configuration of the earth through uplift,
movement, and deformation of the parts of the earth’s
crust.

Introduction
The earth does not have a perfect geometrical shape. Its
shape matches very closely to that of an oblate spheroid.
Topographical variations of several kilometers in the form
of mountain ranges and oceanic trenches exist. Surface of
the oceans, which conforms to a uniform gravitational
potential, acts as an effective and useful way to define
the shape of the earth. This oceanic surface serves as
a reference surface for the earth.

Continuously changing configurations of the earth’s
surface are mostly engineered by the motion of the tec-
tonic plates. The tectonic motion of a lithospheric plate
and its deformation are responses to the force acting on it.
Lateral density variation in the lithosphere produces both
horizontal as well as vertical stress gradients. Gravitational
Potential Energy gradient is thus directly proportional to
the geoid height variation. Recent advances in space geo-
detic techniques make it now possible to map the geoid
with unprecedented accuracy in both spatial and temporal
domains, thus providing a new tool to study tectonics.

Geoid
Like any liquid in hydrostatic equilibrium, globally
interlinked ocean water surface (without the effects of
tides and waves), defines a gravity equipotential surface.
Earth’s gravity potential field contains infinite number of
equipotential surfaces, almost parallel to each other
(in case of an idealized earth). That particular equipotential
surface which matches closest to the actual realization of
the global mean sea level is the geoid. The Geoid surface
is relatively smoother compared to the topographical sur-
face of the earth. Whereas Earth’s surface excursions
range between +8,000 m at Mt Everest and �11,000 m
at Maryana Trench, maximum geoid surface variation is
about 200 m.

Over the oceans, realization of the geoid is easy as it is
the “mean sea level”. Geoid over the continents lies below
the surface of the earth, and can be visualized as water
level in the imaginary canals cutting across the continents
and interconnecting the surrounding oceans. Because sur-
veyor’s spirit level or plumb bob follows the gravity equi-
potential, leveling traverse starting from the nearest tidal
station running inside the continent, measures height
above mean sea level or geoid, and is called orthometric
height. All height measurements using conventional sur-
veying techniques use geoid or “mean sea level” as the ref-
erence level. Though geoid is much smoother surface
compared to the topographic surface of the earth, the geoid
itself, because of inhomogeneous distribution of mass
within the earth, undulates at much higher spatial wave-
length domain. The undulation of the geoid is measured
in reference to a “Reference spheroid” (Figure 1).



Surface

Geoidh A
 : 

E
lli

ps
oi

da
l H

ei
gh

t
HB

HA : Orthometric
        height

NB

NA : Geoid - Spheroid Separation
        which varies

hB

A

{

{eΒ

eA

B

N = h − H + e
ΔN = NB − NA = (hB − hA) − (HB − HA) + Δe
For small distances, Δe (=eB − eA) is a very small quantity ∼ 0 

Geoid, Figure 1 A simplified cartoon showing geoid and
spheroid levels both over the continents and oceans. Geoid
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Geoid, Figure 2 Different tectonic forces in play in a subduction
zone where the subsiding slab sinks in weaker asthenosphere
(slab pull), which excites mantle flow, thus creating a traction at
the base of the plate (shown by small gray arrows at the base of
the plate). Continental crust and oceanic crust are shown in light
gray and black respectively, whereas mantle lithosphere is in
dark gray. The lower figure shows surface topography,
gravitational potential energy (GPE), and GPE gradient (lower
line) across the plate. GPE gradient produced by the lateral
variation of the lithospheric density/topography structure
creates forces within lithosphere as shown by the arrows.
Figure 1; Humphreys and Coblentz, 2007. Reproduced by
permission of American Geophysical Union. Copyright [2007],
American Geophysical Union.

354 GEOID
Geoid anomaly at any point can be computed from
gravity field measurements, but requires worldwide grav-
ity data. Perturbations of the orbits of the artificial satel-
lites have been used to model global gravitational field,
covering both continents and oceans. Satellite and radar
altimetry today provides the most refined technique of
measuring the geoid over the oceans with an accuracy bet-
ter than 10 cm. Starting with the first satellite by the then
USSR in 1957, phenomenal improvement in measuring
Earth’s gravity field has been achieved. Important
altimetric satellite missions contributing significantly in
modeling ocean geoid include GEOS3(1975), SEASAT
(1978), GEOSAT(1985), ERS-1(1991), TOPEX/
POSEISDON(1992), ERS-2(1996), etc. Launching of
twin-satellite system GRACE in 2002 was another signif-
icant event toward measuring Earth’s gravity and geoid,
both in temporal and spatial domains, covering land as
well as oceans, with an unprecedented accuracy.

Tectonic forces
Tectonic forces acting on a lithospheric plate result in plate
motion as well as accumulation of stresses, both in vertical
and horizontal directions. Surface deformation and earth-
quakes are direct consequences of these stresses. Origin
of the tectonic forces mostly lies in the flow in the astheno-
sphere which may either drive or resist the motion of the
overlying plate. In the subduction zone, gravitational pull
of the down going slab (slab pull) plays a more important
role in driving the plate motion than the “ridge pushes”
where slabs are driven away from the mid-oceanic ridges.
Plate motion also creates traction on the base of the
overlying continents (Humphrey and Coblentz, 2007).
Another important source of force is generated by the lat-
eral variation in density and thickness in the lithosphere
which generates a gradient in gravitational potential energy
(GPE). Figure 2 illustrates how a subducting slab generates
GPE gradient and basal traction force. Tibetan plateau is an
example of highGPEwhere continental collision produced
high topography, thickened crust, extensional stresses on
the plateau, and compression at the edges.

Geoid height variations are linearly proportional to the
GPE gradients in an isostatically balanced lithosphere
(Turcotte and Schubert, 2002). Geoid gradients can thus
be used to study lithospheric stress gradients. Lithosphere-
scale density inhomogeneities are reflected in shorter
wavelength geoid anomalies. This, in combination with
integrated densitymoment computed using a crustal density
model at longer wavelength, can be used to produce GPE
(Humphreys and Coblentz, 2007).
Geoid anomaly and tectonics
Deviation of the actual geoid surface from the reference
spheroid is known as geoid anomaly. Figure 3 shows the
global geoid height anomaly (Bowin, 2000). The largest
geoid anomaly is a 100 m deep “hole” south of India, in
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the IndianOcean. This huge geoid “low” is caused by amass
deficiency in the mantle underneath the sea. Other short
wavelength geoid anomalies exist along the oceanic trenches
where one tectonic plate subsides underneath another plate,
or along the mid-oceanic ridges where hot mantle material
swells up to produce new oceanic crust. Geoid anomaly gen-
erally has a positive correlation with Free-air gravity anom-
aly. However, gravity anomaly is more sensitive to the
shallower features whereas geoid anomaly is more sensitive
to the deeper mass in homogeneities.

Study of the geoid anomaly helps to understand the
distribution of large scale density inhomogeneity, the state
of isostatic compensation, and also about the flexural prop-
erty of the lithosphere. Global geoid anomaly data indicates
that, when loaded (or unloaded) with a large dimension sur-
face load (e.g., a mountain formation, or glaciation-
deglaciation process) during a prolonged period, mantle
flows and adjusts, and the surface load eventually attains
hydrostatic equilibrium. In contrast, short-period or small-
scale surface load is not isostatically compensated. These
are explained by a viscoelastic lithosphere which is strong
enough to support at a smaller spatial and temporal scale,
but has a finite viscosity and flows like a fluid at a larger
spatial and temporal domain. Study of spatial as well as
temporal variation of the geoid anomaly can thus be
a very useful tool to understand mechanical properties of
the lithosphere. It may be noted that isostatically balanced
mass distribution does not cause zero geoid anomaly. An
isostatically compensated mountain range of 3 km height
causes a positive geoid anomaly of �16 m, where a 5 km
deep ocean basin would result a negative geoid anomaly
of about 9 m (Fowler, 1996). As geoid anomaly is more
sensitive to lateral variation in lithospheric density struc-
ture, surface measurements of geoid anomaly can provide
a very useful tool to study subcrustal configuration across
a plate boundary (Banerjee et al., 1999).
GRACE and coseismic deformation
GRACE (Gravity Recovery and Climate Experiment)
twin satellite system has made it possible to measure tem-
poral variation of geoid height at a global scale with an
accuracy of 2–3 mm (Tapley et al., 2004). The 2004
Sumatra-Andaman earthquake (Mw 9.2) provided an
opportunity to measure coseismic as well as post-seismic
gravity and mass variations using GRACE data
(Han et al., 2006; Chen et al., 2007). Sudden change in
lithospheric density structure as well as vertical movement
could be detected in GRACE data (Figure 4). With this
leap in space geodesy, remote sensing of Earth’s Geoid
provides another important tool to study tectonic
processes.
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American Geophysical Union. Copyright [2007], American
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Summary
Geoid is the best available physical model of the earth. It is
measurable using gravimetry and satellite altimetry data.
Because geoid is a gravity equipotential surface, near-
surface configuration of the earth’s structure is reflected
in geoid undulation. Tectonic forces that causes change
in Earth’s lithospheric configuration, are thus correlatable
with the temporal and spatial changes of the geoid. Recent
advances in satellite technology has enabled to measure
and monitor geoid undulations with an unprecedented
precision. As a result, many important Earth System pro-
cesses like tectonic plate movement, surface deformation,
sea level changes, etc are now being measured and moni-
tored on a global scale. These have contributed signifi-
cantly towards better understanding of the tectonics of
the Earth.
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Definition
The geoid is the equipotential surface of the Earth’s gravity
field, which best approximates the mean sea level at
rest. Its determination requires (1) knowledge of the
Earth’s gravity potential and (2) a way of geometrically
representing the geoidal surface, which is done via its
deviations – called geoid undulations N – from the sur-
face of a known reference ellipsoid. The geometric rep-
resentation is of particular importance given that the
geoid is the reference surface, or datum, for the physi-
cally meaningful orthometric heights, often called
heights above mean sea level.

Basic principles: the gravity, normal, and
disturbing potentials
The Earth’s gravity potential W comprises the gravita-
tional potential V and the centrifugal potential F:
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W ¼ V þ F ¼ k
ZZ

v

Z
r
l
dvþ 1

2
o2 x2 þ y2
� 	

(1)

V is a Newtonian potential due to the attraction of the
Earth’s surface Σ
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Geoid Determination, Theory and Principles,
Figure 1 Geometry of the Stokes BVP and the Molodensky BVP.
masses, expressed as an integral of the mass density r over
the volume v; l is the Cartesian distance between the com-
putation point and the mass element rdv, and k is
Newton’s gravitational constant. The centrifugal potential
F is a function of the Earth’s rotational velocity o and the
distance p = (x2 + y2)1/2 from the rotation axis, namely,F =
o2p2/2.

Due to our insufficient knowledge of the density distri-
bution, Equation 1 cannot be used directly to compute V
and W. Nevertheless, a solution can be obtained by utiliz-
ing the fact that V is a harmonic function outside the
masses, that is (a) it satisfies Laplace’s equation

H2V ¼ @2V
@x2

þ @2V
@y2

þ @2V
@z2

¼ 0 (2)

since the inverse distance in the integral of Equation 1
clearly satisfies H2l�1 ¼ 0 and (b) it vanishes as l ! ?.
Stokes’s theorem postulates that V can be determined
everywhere in free space from its values on the boundary
surface that encloses all masses and thus knowledge of the
interior density distribution is not necessary.

The above problem formulation is called Dirichlet’s
problem, or first boundary value problem (BVP) of poten-
tial theory (Hofmann-Wellenhof and Moritz, 2006). Its
practical significance is rather limited since the potential
is not a directly measurable quantity; it is important, how-
ever, for the expansion of V into a spherical harmonic
series and for the relationship between Von the boundary
surface and V in space (Poisson’s integral). A more realis-
tic BVP is Neumann’s problem, or second BVP, in which
the normal derivative @V/@n is given on the boundary sur-
face instead of V itself. This is because first-order deriva-
tives of W constitute the gravity vector

g ¼ HW ¼ @W
@x

;
@W
@y

;
@W
@z


 �T

(3)

which is observable. It is, however, the third BVP that is
particularly important in practice; it uses observables on
the boundary surface that are a linear combination of V
and @V/@n. We will see in the following that the determi-
nation of geoid undulations from gravity anomalies –
which are derived from the measurements taken with
a gravimeter – is such a problem.

The determination of W is a nonlinear problem and is
further complicated by the fact that W itself is not har-
monic since H2W ¼ H2F ¼ 2o2. Both limitations can
be overcome by linearization and approximating the
shape, size, and gravity field of the Earth by an equipoten-
tial ellipsoid of revolution with the same massM and same
rotational velocity o as the Earth. In this case, the gravita-
tional potential of the reference ellipsoid Ve can be com-
puted analytically, and its centrifugal potential Fe is the
same as F. Its gravity potential, termed normal potential
U, is

U ¼ Ve þ Fe ¼ Ve þ F (4)

and its gradient is the normal gravity vector

g ¼ HU ¼ @U
@x

;
@U
@y

;
@U
@z


 �T

(5)

Both U and g are analytical functions that can be com-

puted from M, o, and the semimajor and semiminor axes
a, b of the reference ellipsoid. The difference between W
andU at the same point is the disturbing potential T, which
is obviously a harmonic function (since it is independent
of the centrifugal potential, and since Ve, just like V, is har-
monic being a function of the inverse distance):

T ¼ W � U ¼ V � Ve (6)

H2T ¼ 0 (7)
Now since U is known, the problem of determining W

has been reduced to the problem of determining T, which
is a third BVP provided that an appropriate observable
would be available on the boundary surface. This is indeed
the case, as it will be shown in the following.
The Stokes and Molodensky geodetic BVPs
We select the geoidal surface G as the boundary surface
that encloses all masses, we approximate G by the surface
of the reference ellipsoid E, choose the normal potential
Uo on E to be the same as the gravity potential Wo on the
geoid, project a point Po on the geoid on to a point Qo on
the ellipsoid along the ellipsoidal normal (see Figure 1),
and define the geoid undulation N as the distance PoQo
and the gravity anomaly and gravity disturbance vectors
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as Dg ¼ gPo
� gQo

and dg ¼ gPo
� gPo

¼ HT , respec-
tively, with magnitudes

Dg ¼ gPo � gQo
(8)

dg ¼ gP � g (9)
o Po

We can now relate N to T, and Dg to T and its vertical

derivative. Using Figure 1, only first-order terms in Taylor
expansions, and assuming – because the vertical deflec-
tion angle e is very small – that the vertical derivatives
along the ellipsoidal normal, normal plumb line, and
actual plumb line are all the same, we can write

TPo ¼ WPo � UPo ¼ WPo � UQo
� @U

@h

����
Qo

N

¼ Wo � Uo þ gN ¼ gN

(10)

@T
�� @g

��

dgPo ¼�

@h
��
Po

¼ gPo �gPo ¼ gPo � gQo
�
@h
��
Qo

N

¼Dg�1
g
@g
@h

����
Qo

T

(11)

Plumb lines are lines intersecting perpendicularly the

surfaces of equal potential; that is, at every point, the grav-
ity vector is tangent to the plumb line through that point.

The last two equations can now simply be written as

N ¼ T
g

(12)

1 @g @T 1 @g

Dg ¼ dg þ

g @h
T ¼ �

@h
þ

g @h
T (13)

Equation 12 is called Bruns’s equation and provides N

given T, while Equation 13 holds only on G and it is called
the fundamental equation of physical geodesy. The normal
gravity on an ellipsoid with semi-axes a, b and normal
gravity values at the equator and pole ga, gb, respectively,
can be computed from Somigliana’s formula as a function
of the point’s latitude f:

g ¼ agacos
2fþ bgbsin

2f

a2cos2fþ b2sin2f
� 	1 2=

(14)

Now Stokes’s BVP can be defined as the problem of

determining T, harmonic outside G, from measurements
of Dg on the geoid that satisfy Equation 13. This is a third
BVP of potential theory, mathematically described by the
partial differential equation of Equation 7 with the bound-
ary condition of Equation 13 and it provides T on and out-
side G. Because of the assumption that the geoid encloses
all masses, the influence of masses outsideGmust be com-
puted and removed mathematically from the measure-
ments via various types of terrain reductions. These
require knowledge of the density distribution of the topo-
graphic masses and are described in the section The Treat-
ment of the Topography at the end of this chapter.
Since all gravity measurements are taken on the surface
of the Earth P, a more realistic way of defining the prob-
lem is to select P as the boundary surface rather than the
geoid. This requires no terrain reductions but results in
a mathematically more complicated BVP because P is
not an equipotential surface and the gravity vector is not
perpendicular to it. The determination of the Earth’s sur-
face from gravity anomalies on it is an oblique derivative
problem called Molodensky’s problem (Molodensky
et al., 1962).

In Molodensky’s BVP, the Earth’s surface is approxi-
mated by a surface called the telluroid T, W on P is
approximated by the normal potential U of T, and the
gravity anomalies now are the difference between
the gravity at the Earth’s surface and the normal gravity
at the telluroid, that is, Dg ¼ gP � gQ; see Figure 1. T is
defined as the set of points Q above the ellipsoid that cor-
respond to points P onP havingUQ=WP,fQ =fP, lQ = lP.
This is called the Marussi telluroid and the ellipsoidal
heights of its points are called normal heightsH*. The sep-
aration PQ between P and T is called height anomaly z.
The height anomaly is the solution to the Molodensky
BVP, as defined by Equations 7 and 13, where now the
boundary condition holds on the telluroid rather than
the geoid and Dg refers to the Earth’s surface rather
than the geoid.
Analytical solutions to the geodetic BVPs
Since H2T ¼ 0, T and therefore N can be expressed as a
spherical harmonic series (see Gravity, Global Models)

N ¼ kM
gr

X?
n¼2

a
r

� �n

Xn
m¼0

Cnm cosmlþ Snm sinml½ 	Pnm sinfð Þ
(15)

the coefficients of which, Snm and Cnm, can be determined
from, for example, gravity anomalies on the geoid using
the orthogonality property of spherical harmonics. Pnm
are Legendre functions and r,f,l are the coordinates of
the computation point. Applying Equation 15 to Equa-
tion 13, the spherical harmonic series for Dg is

Dg ¼ � kM
r2
X?
n¼2

a
r

� �n
n� 1ð Þ

Xn
m¼0

Cnm cosmlþ Snm sinml½ 	Pnm sinfð Þ

(16)

Another analytical solution of this problem is given by

Stokes’s integral (see Gravity Field of the Earth):

N ¼ R
4pg

ZZ

s

DgS cð Þds ¼ 1
g
SDg (17)
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where c is the spherical distance between data point and
computation point, s is the surface of a sphere of radius
R (approximating the ellipsoid), and S is the Stokes inte-
gral operator. S(c) is Stokes’s kernel function

S cð Þ ¼ 1
sin c 2=ð Þ � 6 sin

c
2
þ 1� 5 cosc

�3 cosc ln sin
c
2
þ sin2

c
2


 � (18)

c f �f lP � l

sin2

2
¼ sin2 P

2
þ sin2

2
cosfP cosf (19)

Molodensky’s problem can be solved in various ways.

We give here the final solution by themethod of analytical
continuation to point level; detailed derivations can be
found in Moritz (1980). In this method, the gravity anom-
alies are reduced to the equipotential surface passing
through the computation point P; see Figure 1. They are
denoted by Dg0 and are obtained by the formula

Dg0 ¼
X?
n¼0

gn;

gn ¼ �
Xn
m¼1

h� hPð ÞmLmgn�m;

go ¼ Dg

(20)

L is the vertical derivative operator expressed in terms

of surface values as follows:

Lm ¼ 1
m!

Lm ¼ 1
m!

@m

@hm
;

Lf ¼ � f
R
þ R2

2p

ZZ

s

f � fP
l3

ds
(21)

where l is now the straight distance between the running
point and the computational point P. Now, z at point
P can be obtained by applying Stokes’s integral operator
S to Dg0:

z ¼ 1
g
SDg0 ¼ 1

g
SDg þ 1

g

X?
n¼1

Sgn ¼
X?
n¼0

zn (22)

When the height anomaly is plotted above the ellipsoid,

the resulting surface is called the quasi-geoid; see Figure 1.
Since h ¼ H
 þ z � H þ N , the geoid undulation can be
estimated from the height anomaly by the expression

N ¼ zþ dz;

dz ¼ H
 �H ¼ �g � �g
�g

H � DgB
g

H
(23)

where �g and �g are the mean values of gravity and normal
gravity along the plumb line between the geoid and Earth
surface and the normal plumb line between the ellipsoid
and the telluroid, respectively, and DgB = Dg – AB + F is
the Bouguer gravity anomaly at the computation point;
the definitions of AB and F are given after Equation 28.
H ¼ PP00o and H
 ¼ QQo are the orthometric height and
normal height, respectively, of point P.
The operational solution to the geodetic BVPs
In contrast to the analytical solution which is model-driven,
the operational solution is data-driven. It starts from the
data and information about their noise and first and second
moments (covariance functions) and estimates T as the
“best” unbiased linear combination of the measurements.
Besides being able to propagate the data noise into the
results, it is also able to utilize as input, as well as predict,
any functional of T. The harmonicity of Tand the analytical
relations between T and its functionals f(T) are only used to
derive the required covariance functions.

Mathematically, we want to estimate T, or more gener-
ally a signal vector s of functionals of T, from a vector of
measurement l, which can contain Dg or any other f(T)
such as, for example, deflections of the vertical, second-
order gradients, geoid undulations, etc.

ŝ ¼ Hl (24)

In order to estimate the matrix H, we require that the

variances of the estimation errors e ¼ ŝ� s be minimum
or that the error covariance matrix Cee ¼ E eeTf gbe mini-
mum. By definition,

Cee ¼ E eeT
� 

¼ E Hl� sð Þ Hl� sð ÞT
n o

¼ HE llT
� 

HT � E slT
� 

HT �HE lsT
� 

þ E ssT
� 

¼ HCllH
T � CslH

T �HCls þ Css

¼ Css � CslCll
�1Cls

þ H� CslCll
�1

� 	
Cll H� CslCll

�1
� 	T

(25)

The last term in the right-hand side of the above equa-

tion is a nonnegative quadratic term and therefore Cee
can only be minimumwhen that term is zero, that is, when
H ¼ CslCll

�1. Therefore,

ŝ ¼ CslC
�1
ll 1 (26)

C ¼ C � C C�1C (27)
ee ss sl ll ls

When the observations l contain noise n, that is, consist

of a signal component t and a noise component n, then
assuming that signal and noise are uncorrelated, the
covariance matrices in the above equations become Cll =
Ctt + Cnn, Cls = Cts, and Csl = Cst = Cls

T. This method is
generally known by the name of least-squares collocation
(LSC). Knowledge of the covariance matrix of only one
gravity field quantity is sufficient. From this, all other
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covariance matrices can be derived by covariance propa-
gation. A complete discussion of LSC can be found in
Moritz (1980).

The treatment of the topography
The undulation of the geoid N can be obtained from the
solution of Stokes’s BVP provided that there are no
masses outside the geoidal surface. There are many ways
to mathematically account for the topographic masses,
called terrain reductions, which preserve the total mass
of the Earth but shift the masses above the geoid below
it. Helmert’s second condensation reduction will be
briefly presented here as a representative from a number
of possible terrain reductions. The masses above the geoid
are basically condensed onto a layer on the geoid by
(1) computing at point P and removing the attraction AP
of all masses above the geoid; (2) lowering station from
P to Po (see Figure 2) using the free-air reduction; and
(3) restoring at Po the attraction Ac

Po
of the masses con-

densed on a layer on the geoid with density s = rH. This
procedure gives Δg on the geoid computed from the
expression

Dg ¼ DgP � AP þ F þ Ac
Po ¼ DgP þ F þ dA (28)

where F = � @g/@H� � @g/@h is the free-air gravity gra-
dientΔ(gP+ F) is the free-air gravity anomaly at P, and dA
is the resulting attraction change.

The A and Ac terms in Equation 28 are obtained by
applying Newton’s integral in Equation 1 over the volume
v of the relevant masses. For example, when the attraction
A of all topographic masses above the geoid is computed,
v is the volume of the masses between the geoidal surface
and the surface of the topography. From Figure 2, it can be
P

Po

N c

dN
s = rH

N

HP

Geoid Determination, Theory and Principles, Figure 2 Actual and
seen that A = AB� c, where AB = 2pkrΗ (for r = constant)
is the attraction of the infinite Bouguer plate through P
called Bugouer correction, and c is the attraction of the
residual topographic masses above and below the
Bouguer plate, called the classical terrain correction.

dA is not the only change associated with this reduction.
Due to the shifting of masses, the potential changes as well
by an amount dT called the indirect effect on the potential:

dT ¼ TPo � Tc
Po

(29)

where TPo is the potential of the topographic masses at Po
and TC

PO is the potential of the condensed masses at Po. The
corresponding indirect effect on the geoid is dN = dT/g.
Due to this potential change, the use of Δg from Equa-
tion 28 into Equation 17 produces not the geoid but a sur-
face called the co-geoid, depicted by the co-geoidal height
Nc above the reference ellipsoid. Thus, before applying
Stokes’s equation, the gravity anomalies must be
transformed from the geoid to the co-geoid by applying
a small correction dΔg called the indirect effect on gravity

dDg ¼ � 1
g
@g
@h

dT ¼ � @g
@h

dN (30)

The final expression giving N can now be written as
N ¼ 1
g
S Dg þ dAþ dDgð Þ þ 1

g
dT ¼ N c þ dN (31)

where Nc is the co-geoidal height and dN is the indirect
effect on the geoid; see Figure 2.

Following Sideris (1990), dT and dA can formally be
expressed using the planar approximation of the vertical
derivative operator L of Equation 21, that is, without the
ellipsoid E

co-geoid

geoid Γ

Buguer plate

Q

Qo

H

r = const.

topography Σ

condensed topography.
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term �f/R, which then becomes zero since R ! ? when
the spherical surface is approximated by the tangent plane.
The potential change is

dT ¼ � pkrH2
P � 2pk

�
X?
r¼1

1
2r þ 1ð Þ!L

2r�1 rH2rþ1
� 	 (32)

and the attraction change is equal to the classical terrain
correction c:

dA ¼ c ¼ 2pk
X?
r¼1

1
2rð Þ!L

2r�1 r H � HPð Þ2r
h i

(33)

These series expansions are valid for low slopes of the

terrain, namely, for (H � HP)/lo � 1, where lo denotes
the planar distance between running and computational
point.

Another commonly used terrain reduction is the resid-
ual terrain model (RTM) reduction (Forsberg and
Tscherning, 1981). It computes at point P and removes
only the high-frequency contributions of the topographic
masses to gravity by, for example, computing the attrac-
tion of the masses between the actual topography and
a very smooth “average topography” surface. The residual
“geoid” produced by such reduced gravity anomalies is
finally corrected by restoring the effect of the topographic
masses that were removed. The RTM reduction yields
a quasi-geoid rather than the geoid and, therefore, a final
correction like the one in Equation 23 must be applied in
the end in order to recover the actual geoid undulation.

The oceanic geoid and gravity from
satellite altimetry
The only areas on Earth where, by definition, the geoid is
almost directly observable are the oceans. From the differ-
ence between the ellipsoidal heights of altimetry satellites
and the radar measurements to the surface of the sea, the
ellipsoidal height hs of the sea surface can be derived. hs
consists of the geoid undulation N and the sea surface
topography (SST) Hs above the geoid. Thus, in principle,
the geoid in the oceans can be derived from the expression

N ¼ hs � Hs (34)

provided that a good model for the SST is available from
oceanographic information. In addition, to minimize pos-
sible long-wavelength data biases, the deflections of the
vertical are often derived numerically over the oceans as
the slopes of the altimetry-derived geoid:

x ¼ � @N
r@f

; � ¼ � @N
r cosf@l

(35)

Although theory exists for the solution of overdeter-

mined and altimetry-gravimetry BVPs, where given are
gravity anomalies on the continents and geoid from
altimetry and/or gravity anomalies in the oceans, often in
practice the oceanic geoid is also computed simply from
Stokes’s formula or from LSC using gravity data. There-
fore, there is a need to obtain gravity anomalies in the
oceans using as data altimetry-derived N and/or x,�.

Naturally, knowing N, one can use the following
inverse Stokes formula to derive gravity anomalies in the
oceans:

DgP ¼ gNP

R
� g
16pR

Z

s

Z
N � NP

sin3 c=2ð Þds (36)

and then combine these gravity anomalies with the ones
over land to produce a global set of gravity anomaly data
which could be used in Stokes or LSC formulas to com-
pute the global geoid. Note that the above equation has
basically the form of the L operator acting on N, which,
as expected, indicates that L and S are inverse operators.
This can be proven easily, though rigorously, in planar
approximation in the frequency domain; see details in
Geoid, Computational Method.

Gravity anomalies in the oceans can also be computed
from the deflections of the vertical, using the inverse
Vening Meinesz formula

DgP ¼ g
4p

Z

s

Z
x cos aþ � sin að ÞH cð Þds (37)

cos c=2ð Þ 1 3þ 2 sin c=2ð Þ
 �

H cð Þ ¼

2 sin c=2ð Þ �
sin c=2ð Þ þ 1þ sin c=2ð Þ

(38)

where a is the azimuth of the line between the computation
and the data point. A similar formula, termed the deflec-
tion-geoid formula (Hwang, 1998), also exists that gives
N from x,�:

NP ¼ R
4p

Z

s

Z
x cos aþ � sin að ÞC0 cð Þds (39)

0 3

C cð Þ ¼ � cot c=2ð Þ þ

2
sinc (40)

Another often used formula is the one that relates the

vertical derivative of Dg to the horizontal derivatives of
x and �. The spherical form of Laplace’s equation is

H2T ¼ @2T
@r2

þ 2
r
@T
@r

þ 1
r2

@2T

@f2 �
tanf
r2

@T
@f

þ 1
r2cos2f

@2T

@l2

¼ @Dg
@r

þ g
@x
r@f

� tanf
r

gxþ g
1

r cosf
@�

@l
¼ 0

(41)
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If we neglect the third term on the right-hand side, we get

@Dg
@r

¼ �g
@x
r@f

þ 1
r cosf

@�

@l


 �
(42)

It is clear that since Dg, x, �, N, and their various deriv-

atives are all functionals of T, they could all be used as
input in LSC to predict both Dg and N in the oceans.
Therefore, collocation could be used to either predict
directly undulations and anomalies in the oceans from
any gravity field quantity, or to densify or interpolate data
necessary for the efficient evaluation of integrals like
inverse Stokes or inverse Vening Meinesz. Details can
be found in Geoid, Computational Method.

Summary
We have discussed briefly how the geoid is defined and
how it can be estimated either analytically as the solution
of the third BVP (or Molodensky’s BVP) from gravity
anomalies all over the Earth or as a “best” unbiased linear
combination of all available gravimetric data using least-
squares collocation. In either case, data have to be reduced
to the geoid via an appropriate terrain reduction. The
methodology used in the numerical determination of geoid
undulations is described in the Chapter on the Geoid,
Computational Method. The reader interested in obtaining
a more comprehensive view of gravity field approxima-
tion is encouraged to also read the other chapters on geoid
and gravity included in this volume. Finally, with dedi-
cated gravity satellites like GRACE, the computation of
temporal variations of the geoid and its application to
other geosciences is now possible. This, however, is
beyond the scope of this short entry and will not be
discussed here.
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Synonyms
Geoidal height, aka geoid undulation; Direct gravimetric
problem, aka forward modeling; Moho surface, aka com-
pensation level for the Airy-Heiskanen isostatic hypothe-
sis; Depth of Moho surface is the same as the thickness
of the lithosphere; Schiaparelli’s body, aka body of nil
external potential; Stokes’s integral truncated to the spher-
ical distance ofc0, aka inner zone contribution to Stokes’s
integral; Spectral transfer function, aka admittance; Sea
surface topography (SST), aka dynamic topography;
Ocean bottom depth, aka bathymetry

Definition
Direct gravimetric problem is defined as follows: “Given
the distribution of density within the Earth, derive the
(external) gravity field the density generates.”

The inverse gravimetric problem (GIP) reads: “Given
the external gravity field of the Earth, derive the distribu-
tion of density implied by the field.”

Introduction
The main goal of geophysics is to learn about the physical
processes as well as properties of the material within the
Earth. These are studied by means of measurements (data)
collected on the surface of the Earth and above it and, to
a very limited degree, also in very shallow probes inside
the Earth. The discussion of the data to be collected and
the techniques to be used to study the physical processes
and material properties within the earth are what this book
is all about.

The focus of this section is on gravity field, the geoid in
particular, to the exclusion of all other, such as seismolog-
ical, magnetic, electrical, heat flow data. The only attribute
of the Earth that can be studied by means of gravity is the
mass density variations as gravity is the acceleration
caused by mass attraction. Three aspects of gravity field
can be used for these studies: gravity acceleration, the
deflection of the vertical, and gravity potential. Gravity
acceleration, in the guise of gravity anomalies, are
discussed in Gravity Anomalies, Interpretation, the
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deflections of the vertical are introduced in Geodesy,
Physical and for an in-depth view of the definition of
geoid the reader is advised to consult Geoid.

One of the general properties of the gravity filed is that
deep-seeded density anomalies have long wavelength sig-
nature in the gravity field while shallow density anomalies
have short wavelength signature. Consequently, if one
wishes to study shallow density features, one looks at
the short wavelength part of gravity field and if one wishes
to study deep-seeded features, one looks at the longer
wavelength part. This is, of course, true only as a general
principle as there exist also shallow features of large lat-
eral extent that have long wavelength signatures.

When it comes to the interpretation of gravity field, the
data of choice by exploration geophysicists, that is, people
looking for ore, hydrocarbon, and other deposits, are grav-
ity anomalies. The reason for this is that these data are
bountiful on land, relatively cheap, and they contain all
the short wavelength information. Observed deflections
of the vertical as supplied by national geodetic offices
are less popular as a source of information as they are
not very accurate, and they are few and far apart. But we
may live to see this situation change with the advent of
Digital Zenith Cameras (Hirt et al., 2010).

Gravity potential data, such as the values of disturbing
potential – divided by the value of gravity to convert them
to the geoid – are much smoother than the first two kinds.
This means that the short wavelength content is missing.
We know that all three descriptors of gravity field we dis-
cuss here are functionally related: gravity acceleration at
a point is a total gradient of the potential at that point,
the deflection of the vertical at a point is a horizontal gra-
dient of the equipotential surface passing through that
point. Thus, there is nothing to stop us from using the
potential data, the geoid, in such a way as to evaluate
either the gravity anomalies or the deflections of the verti-
cal and use these for the interpretation, is there?

That can be done of course, but this procedure cannot
reconstitute the high frequency content as it has not been
there to begin with. Thus, the conversion would not help
and it is better to use the geoid as is; this is the thesis of
the book (Vaníček and Christou, 1993). The direct use of
the geoid has caught an interest of interpreters as the
marine geoid data from satellite altimetry became quite
reliable and freely available in the past 25 years.
Direct problem
Suppose we know the density distribution r(r) within the
Earth. Then we can determine the potential V(r) outside
the earth in two different ways. We can use the well-
known Newton’s integral to get the gravitational potential
in a spatial form at any point external to the Earth as
(Vaníček and Krakiwsky, 1986, Equation 20.48)

V ðr;OÞ ¼ G
Z

O0

Z rtðO0Þ

r¼0

rðr0;O0Þ
r� r0j j ðr

0Þ2dr0dO0; (1)
where G is Newton’s gravitational constant, r is the radial
distance from the center of the Earth, O is the geocentric
direction composed of colatitude y and longitude l,
O0 is the full geocentric solid angle, rt is the distance from
the center of the Earth to the topographical surface of
the Earth.

Alternatively, the reciprocal distance 1
r�r0j j can be

developed into a series of fully normalized spherical
harmonic complex functions Yjm to yield

V ðr;OÞ ¼ GM
a

X?
j¼0

a
r

� �jþ1 Xj

m¼�j

AjmYjmðOÞ; (2)

where M is the mass of the Earth, a is the major semiaxis
of the best fitting Earth ellipsoid, and Ajm are the gravity
potential coefficients. The potential coefficients can be
evaluated from the known density r(r) = r(r, O) = r(r, y,
l) within the Earth as

Ajm ¼
Z

O0

Z rtðOÞ

r¼0
rðr;OÞGjmðr;OÞdrdO; (3)

where the integration kernel Gjm is given by Martinec
in Vaníček and Christou (1993, Chap. 7, Equations 13
and 14)

Gjmðr;OÞ ¼ 4p
Ma jð2jþ 1Þ r

jþ2Yjm 
 ðOÞ: (4)

Here * denotes a complex conjugate. This is the spher-

ical harmonic form of potential V, a dual form to the spatial
form (Equation 1 above) – these two forms can be
transformed into each other, back and forth any time.
The relation between potential V and the geoid undulation
N is explained in Geodesy, Physical.

The direct approach, also known as forward modeling,
can be used for solving some geophysical problems. Nota-
bly, it can be used to determine the depth ofMohorovicic’s
surface, the surface that divides the astenosphere (density
about 3.2 g cm�3) from the lithosphere (density about 2.67
g cm�3). The Moho surface is also the compensation level
for the Airy-Heiskanen isostatic hypothesis. The depth of
the Moho surface, or the lithospheric (crustal) thickness
derived this way, assuming the most realistic
astenospheric density and described by a spherical har-
monic series of a limited degree and order is shown on
a web page http://geology.com/articles/mohorovicic-dis-
continuity.shtml. The displayed map was compiled by
US Geological Survey in 1999.

Inverse problem
The determination of density r(r) as a function of position
r from any of the gravity field attributes, that is, gravity
anomaly Dg(r), the components of the deflection of the
vertical (x(r),�(r)), or the geoidal height N(r), is known
as the inverse gravity problem (GIP). The non-uniqueness
of GIP was known already to Schiaparelli, who in
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1875–1876 was speaking of “gravitationally transparent
bodies,” specific distributions of density that do not gener-
ate any gravitational attraction outside the Earth.
A complete mathematical description of a Schiaparelli’s
body was formulated by Vaníček and Kleusberg (1985)
as follows: for arbitrary values of coefficients cðiÞ‘ jk the fol-
lowing “body”:

y 2< � p
2
;
p
2
>; l 2< 0; 2p >; r 2< 0; 1 >:

~rðrÞ ¼
X?
i¼0

Xi

‘¼0
‘6¼j

X?
j¼0

Xj

k¼0

cðiÞ‘ jkfijkðrÞ;
(5)

where

8i; j ¼ 0; 1; :::; k � j : fijkðrÞ
¼ Jið3; 3; rÞ½Yc

jkðOÞ;Y s
jkðOÞ	;

(6)

Ji are normalized Jacobi polynomials (Abramowitz
and Stegun, 1964) and Yc

jk; Y
s
jk are the cosine and sine parts

of spherical harmonic functions, has a nil external poten-
tial outside the ball of radius 1. The consequence of this
behavior is that if one tries to interpret the external gravity
potential in terms of internal density distribution, any dis-
tribution that conforms to Equation 5 can be randomly and
legitimately added to the solution.

If the GIP does not have a unique solution, does it make
any sense to even think about using gravity in studying the
density distribution? True, it is not possible to take the
gravity field outside the Earth and invert it uniquely into
the density distribution within the Earth. But the external
gravity field, particularly the geoid in our context here,
can be used together with other data to get useful informa-
tion on density.
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Truncated geoid
There is a variety of techniques used in geophysical explo-
ration to interpret gravity information obtained on the sur-
face of the Earth in terms of anomalous density. One
interesting approach uses the truncated geoid to determine
the depth of a spherical, i.e., ball-like, density anomaly,
where by “truncated geoid” we understand the following
integral:

Nc0ðPÞ ¼ R
4pg

Z

Cc0

DgðQÞSðP;QÞds; (7)

which represents the contribution of gravity to the geoid
within the spherical cap C of a radius c0. It can be viewed
as the Stokes integral over the whole Earth, truncated to
the spherical distance c0, where P is the point of interest,
Q is the dummy point in the integration, S(P,Q) = S(c) is
the Stokes spherical kernel and ds is the surface element
of the integration sphere of radius R.

It is the change of the truncated geoid with respect to the
truncation parameter c0,

dNc0

dc0
¼ lim

Dc0!0

Nc0þDc0 � Nc0

Dc0
; (8)

that is of real interest. At the location of the density anom-
aly, the sequence of surfaces or profiles dNc0

dc0
displays

a dimple for a specific value of c0 – see Figure 1 (from
Vajda and Vaníček, 1999). This specific value of c0 is
almost linearly related to the depth of the anomaly.

In Figure 2, geoid from an area in Southern Slovakia is
shown. Just northeast of the geographical center of the
area, there is a local geoid low, known as “Kolarovo
anomaly,” that has been intriguing geophysicists for
some time. It has been postulated by several authors that
the center of mass of the density anomaly responsible for
15
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of “Kolarovo anomaly” in Southern Slovakia (Courtesy of J. Janak,
Slovak University of Technology).
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the shown pattern is about 9.5 km bellow the Earth sur-
face. The application of the truncated geoid technique
shows an estimate of 8.7 km (Vajda et al., 2002).

Some other applications
In addition to the above-discussed applications, geoid can
be used in many other ways; one of those applications is
studying tectonic forces. Interested reader may read about
the involved concepts in Gravity, Global Models. Bowin,
in his earlier studies (1991), postulated that the 4–10�
geoid undulations are consistent with the present zones
of subducted tectonic slabs. His postulate has more
recently been confirmed by Ricard et al. (2006). These
authors also agree with Bowin’s speculation (1983) that
only the deepest Earth’s mass anomalies cause geoid
undulations of 2–10�.

Casenave in Vaníček and Christou (1993, Ch. 13) dis-
cusses the use of the geoid in studying different isostatic
compensation models using the spectral transfer function,
aka admittance in the “theory of systems” parlance. She
studies the mechanical behavior of oceanic tectonic plates
(flexure under seamount loading) and thermal evolution of
oceanic lithosphere. Ricard et al. (2006) show that the
elasticity of the lithosphere affects the geoid between
200� and 250�. Casenave also argues that the signatures
of oceanic hot spots in the geoid are in the medium wave-
length of n 2 (5, 20) and in 1–10 m in range.

It may be worth mentioning that meteorite craters
are often clearly discernible in detailed geoid maps. The
Manicouagan crater in Eastern Canada (location: N 51� 230
and W 68� 420) makes a very clear imprint on the
geoidal map.
The last applications of the geoid we want to show here
concern physical oceanography and the oceans in general.
A very good overview of this topic by Nerem and
Koblinsky is in Vaníček and Christou (1993, Chap. 16).
Geoid, being an equipotential (level) surface, should be
represented by the mean sea level if seawater were homo-
geneous, which, of course, it is not. As a result, the mean
sea level is not in equilibrium and currents develop.
Some time after the initiation of this motion, these currents
reach a steady state, called geostrophic, and swirl
around the globe in a perpetual motion attenuated only
by friction.

The equation that describes the geostrophic motion is
ascribed to Navier and Stokes, and it reads as follows:

V þ V  Hð ÞV þ 2O� V ¼ �Hp
r

þ g þ F; (9)

where V is the flow velocity vector, V is the rotation
vector of the Earth, p is the hydrostatic pressure, r is the
seawater density, g is the gravitation vector, and F is the
vector representing frictional forces (ibid. Equation 1).
This equation, together with measurements taken at
sea, is then used to derive the height of the sea surface
above the geoid, which is called the “dynamic
topography.”

As discussed above, the instantaneous sea surface has
been monitored by a technique called satellite altimetry
for years. This surface represents, of course, the sum of
the geoidal height and the dynamic topography.
Subtracting the geoid from the measured sea surface
yields the dynamic topography that can be easily
converted into information about currents. Conversely,
subtracting the dynamic topography from the measured
surface yields the geoid. Interested reader can refer to
following URL http://www.aviso.oceanobs.com/en/data/
products/auxiliary-products/index.html for more detailed
information.

Last but not least, the geoid obtained from satellite
altimetry can be used to calculate the ocean bottom depth,
aka bathymetry (Sandwell et al., 2006). The principle used
in these calculations is the same as the one used in the
determination of the Moho surface. Acknowledging that
the ocean bottom is a surface that divides the crust (of an
average density of 2.67 g cm�3) from the layer of water
(of an average density of 1.03 g cm�3), forward modeling
it then used to yield the ocean bottom surface.
Summary
The geoidal height (geoid undulation) is a quantity that
can be quite readily interpreted in terms of density distri-
bution within the Earth. The main application is in study-
ing the processes that take place deep within the Earth, but
even shallower density anomalies have an impact on
a geoid map. Nowadays, when sea surface height
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measured by satellite altimetry is freely available, marine
geoid has become a particularly handy tool to use.
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Introduction
In this entry, we are presenting numerical methods for esti-
mating geoid undulations and other relevant quantities,
based on the theory presented in the article on Geoid
Determination, Theory and Principles. We will refer to
formulas in that article by the equation number followed
by Sideris (see Geoid Determination, Theory and Princi-
ples). For example, Stokes’s equation will be referred to
as Equation 17 of the articleGeoid Determination, Theory
and Principles.

The remove-compute-restore technique
In practice, we can evaluate Stokes’s equation by numeri-
cal integration using only discrete data; therefore, short-
wavelength information will not be properly represented
in the solution (it will be aliased). In addition, we use data
only in a certain region, and therefore the long-wavelength
contributions of the gravity field will not be present in the
results and must be computed in another way. These prob-
lems can be remedied by using a global geopotential
model (GM) and heights, H, in a digital elevation model
(DEM) to obtain the long and short wavelengths of the
field, respectively. This leads to the standard remove-
compute-restore technique, in which the long and short
wavelengths are first removed from the gravity anomalies
in a preprocessing step, then the residual anomalies Dgr
are used to compute residual undulations NDgr, and then
the long- and short-wavelength contributions are restored
in a post-processing step. The computation is based on
the following formula:

N ¼ NGM þ NDgr þ NH; Dgr ¼ Dg � DgGM � DgH
(1)

where DgH denotes the terrain contributions and NH the
corresponding indirect effect on the geoid; see Figure 1.
It should also be noted that such residual anomalies are
typically smaller and smoother, and therefore appropriate
for use in interpolation and in the creation of gridded
values by, e.g., least-squares collocation.

Computation of the GM-contributions
The geopotential model parts of Dg and N are usually
computed by the spherical approximation of Equations 15
and 16 in Sideris, Geoid Determination, Theory and Prin-
ciples from the coefficients of a GM of maximum degree
nmax, which is a function of the resolution of the data that
were used to compute the coefficients Cnm, Snm:

NGMP ¼ R
Xnmax

n¼2

Xn
m¼0

½Cnm cosðmlPÞ

þ Snm sinðmlPÞ	PnmðsinfPÞ
(2)

Xnmax Xn

DgGMP ¼ G

n¼2

ðn� 1Þ
m¼0

½Cnm cosðmlPÞ

þ Snm sinðmlPÞ	PnmðsinfPÞ
(3)

G and R are the mean gravity and mean radius of the

sphere, and fP, lP are the spherical latitude and longitude
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of the computation point. This representation causes an
omission or truncation error, but there is also
a commission error because the data used to estimate
the coefficients, and therefore also the coefficients
themselves, do contain errors. Naturally, the spherical
approximation itself causes an additional error, and
therefore Equations 15 and 16 in Sideris, Geoid Determi-
nation, Theory and Principles are preferable to Equa-
tions 2 and 3.

A comprehensive discussion on the determination and
proper use of GM coefficients can be found in Spherical
Harmonic Analysis Applied to Potential Fields. Informa-
tion on the high-resolution EGM08 model is given in
Pavlis et al. (2008).
Computation of the Dg-contribution
The contribution of gravity anomalies can be computed by
use of either the Stokes integral or least-squares colloca-
tion (LSC). For simplicity in the notation, we will often
write just N and Dg instead of NDgr and Dgr in the equa-
tions, respectively.

Evaluation of Stokes’s integral. The Stokes integral can
be evaluated either on the sphere or on the plane by numer-
ical integration using data on circular sectors (ring integra-
tion method) or on regular grids. Since gravity data are
typically available on grids, and because Stokes’s integral
is a convolution integral on the plane and along parallels
on the sphere, we will discuss here the integral’s evalua-
tion on regular grids by use of the very efficient fast Fou-
rier transform (FFT) technique (Bracewell, 1978).

On the sphere, using Equations 17–19 in Sideris,Geoid
Determination, Theory and Principles, we can write
Stokes’s integral explicitly as

NP ¼ R
4pg

Z

s

Z
DgSðfp;f; l� lpÞ cos fdfdl (4)

which is a convolution between Dgcosf and the Stokes
kernel S only along parallels. For Dgr given on M � N
points on a spherical grid with spacings Df, Dl,
Equation 4 can be written for every parallel of constant lat-
itude fl as

NDgrðfl; lkÞ ¼
R
4pg

XN�1

j¼0

�XM�1

i¼0

Dgrðfj; liÞ cosjj

Sðfl;fj; lk � liÞDl
�
Df

¼ R
4pg

XN�1

j¼0

½ðDgrðfj; lkÞ cosfjÞ


Sðfl;fj; lkÞ	Df;
fl ¼ f1;f2; . . . ;fN

(5)

The brackets in Equation 5 contain a one-dimensional
(1D) discrete convolution with respect to l, i.e., along
a parallel. Therefore, the above discrete convolution,
denoted by *, can be evaluated by the 1D FFT (Starng
Van Hees, 1990; Haagmans et al., 1993) as follows:

NDgrðfl;lkÞ ¼
R
4pg

F�1
XN�1

j¼0

F Dgrðfj;lkÞcosfj

n o(

F Sðfl;fj;lk
n o)

; fl ¼ f1;f2; . . . ;fN

(6)

where F denotes the direct Fourier transform and F�1 the
inverse Fourier transform (Bracewell, 1978). Although
Equation 6 is rigorous, its evaluation is not as efficient as
it could be, as it still requires numerical summation along
meridians. By employing various approximations for the
Stokes kernel function, such as, e.g., cosfPcosf = cos2�f,
where �f is the mean latitude of the computation area, it is
possible to transform Equation 6 into a two-dimensional
(2D) convolution. In this case, accuracy is traded for effi-
ciency. Detailed formulas can be found in Forsberg and
Sideris (1993).

In the planar approximation, which can be employed
when the data is available in a limited area E with extent
of no more than several degrees in each direction,
the Stokes kernel can be approximated by its first term
1/sin(c/2). Then the kernel and the differential areal can
be converted to their planar equivalents, i.e.,
SðcÞ � 1= sinðc=2Þ � 2=c � 2R=l, and Rds = dxdy,
yielding the following planar form of Stokes’s integral
(Schwarz et al., 1990):

NP ¼ 1
2pg

ZZ

E

Dg
l
dxdy ¼ 1

2pg
DgP 
 lNP (7)

where l is the planar distance between data and computa-
tion point and lN is the planar form of Stokes’s kernel:
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lN ¼ x2 þ y2
� 	�1=2

(8)

On a grid with spacings Dx, Dy, the above 2D convolu-

tion integral takes the discrete form

NDgrðxk ; ylÞ ¼
1
2pg

XM�1

i¼0

XN�1

j¼0

Dgrðxi; yjÞ

lN ðxk � xi; yl � yjÞDxDy
¼ 1

2pg
Dgrðxk ; ylÞ 
 lN ðxk ; ylÞ

(9)

l ðx � x ; y � y Þ
N k i l j

¼ ½ðxk � xiÞ2 þ ðyl � yjÞ2	�1=2; xk 6¼ xi or yl 6¼ yj
0; xk ¼ xi and yl ¼ yj

(

(10)
Geoid undulations can then be evaluated by the 2D FFT
as follows:

NDgrðxk ; ylÞ ¼
1
2pg

F�1 FfDgrðxk ; ylÞgFflNðxk ; ylÞg
n o

(11a)

or, in more compact form (which wewill use for all convo-
lutions from this point on),

NP ¼ 1
2pg

F�1 FfDgPgFflNPg
� �

(11b)

Because S(c) and l are singular at the origin, the con-
N
tribution of the gravity anomaly of the computation point
must be evaluated separately and added to the results of
the convolutions. On the sphere, Hofmann-Wellenhof
and Moritz (2006) give this contribution approximately as

dNDgrðjP; lPÞ � g�1soDgrðjP; lPÞ (12)

where so denotes the radius of a small area around the
computation point in which Dgr can be considered con-
stant. On the plane, the corresponding equation would be

dNDgrðxP; yPÞ � g�1

ffiffiffiffiffiffiffiffiffiffiffi
DxDy
p

r
DgrðxP; yPÞ (13)
Equation 11 employs the numerical evaluation of the
spectrum of Stokes’s kernel and is the one that should be
used in practice (with proper zero padding of the data)
if we want the results from FFT to be identical to those
from numerical integration; see Li and Sideris (1993).
This is in fact true for any of the other convolution inte-
grals that we are discussing here. Nevertheless, it is well
known from Fourier theory that the inverse distance
function lN has an analytical spectrum, which is the
inverse frequency q�1 in the frequency domain. Using
u,v,w to denote the frequencies corresponding to x,y,z,
this spectrum is

FflNðx; yÞg ¼ F x2 þ y2
� 	�1=2
n o

¼ u2 þ v2
� 	�1=2 ¼ q�1

(14)

and therefore Equation 7 can be evaluated as follows:

NP ¼ 1
2pg

F�1 FfDgPgq�1
n o

(15)

This representation clearly shows that Stokes’s integral

is a smoothing, mainly low-frequency-dependent opera-
tor, and therefore geoid undulations are more sensitive to
the long wavelengths of the gravity field.

The FFT method can use either mean or point data on
a grid and computes simultaneously the geoidal heights
at all grid points; see Sideris and Tziavos (1988) for the
formulas with mean data. A large area can thus be cov-
ered very fast and with minimum cost. An interpolation
technique such as LSC must be employed for predicting
geoidal heights at points not on the grid and/or to grid
irregular gravity anomalies. With gridded data, the
FFT technique is by far the fastest of all available
methods. Criticism that only the FFT suffers from leak-
age and aliasing effects are not valid since these effects
depend on data density and coverage and thus affect all
methods.

Given gridded gravity and topography data, the
Molodensky solution of Equations 20–22 in Sideris,
Geoid Determination, Theory and Principles can also be
efficiently evaluated by FFT. Details can be found in
Sideris (1987) and Schwarz et al. (1990).

Computation by least-squares collocation. A solution
can also be obtained using least-squares collocation
(LSC). For example, in the simple case that we only want
to predict residual geoid undulations from residual gravity
anomalies, the Equations 26 and 27 in Sideris, Geoid
Determination, Theory and Principles reduce to

N̂Dg ¼ CNDgðCDgDg þ CnnÞ�1Dg (16)

C ¼ C � C ðC þ C Þ�1C (17)
ee NN NDg DgDg nn DgN

Given the covariance matrix for T, C , the other
TT
covariance matrices can be derived by covariance propa-
gation using Equations 12 and 13 in Sideris, Geoid Deter-
mination, Theory and Principles as follows:

CNN ¼ 1
g2
CTT ;

CNDg ¼ 1
g

�@CTT

@h
þ1
g
@g
@h

CTT


 �
;

CDgDg ¼ � @

@h
þ1
g
@g
@h


 �
�@CTT

@h
þ1
g
@g
@h

CTT


 �
(18)
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LSC’s drawback is the need for inverting large covari-

ance matrices or simply solving large systems of linear
equations, which in practice often prevents the utilization
of all given data, and thus prevents the application of
LSC over large regions. To circumvent this problem, if
gridded data are available, LSC can be applied in the fre-
quency domain. This is actually related directly to the
use of FFT formulas with noisy, heterogeneous data. It
will in fact be shown below that the FFT method can use
heterogeneous data, provided that they are given on
a grid, and can produce error estimates, provided that the
power spectral density (PSD) functions, which are the
Fourier transform of the covariance functions, of the data
and their noise are known. In this case, the technique is
equivalent to frequency-domain collocation.

Computation by frequency-domain collocation. To
illustrate how error propagation can be used with Stokes’s
integral, assume that the anomalies have errors n with
known PSD Pnn. In this case, Stokes’s convolution of,
e.g., Equation 7, becomes

N ¼ ðDg þ nÞ 
 sþ e (19)

where s = lN/(2pg) and e is the error of the estimated
undulations.

Making use of the definition of the PSD functionPxy for
two signals x and y as

Pxy¼F xf gF yf g
 (20)

where the superscript ∗ denotes complex conjugate, and
assuming no correlation between the signal and noise,
the PSD of N and the cross-PSD of Dg and N can be
derived as follows:

PNN ¼ Pee þ SðPDgDg þ PnnÞS
 (21)

P ¼ P þ SðP þ P Þ (22)
DgN ee DgDg nn

where S = F{s} and PDgDg is the PSD of the gravity anom-
alies. From the above equations, the spectrum of Stokes’s
kernel and the output-noise PSD can be obtained as

S ¼ PNDg

PDgDg þ Pnn
(23)

�1
Pee ¼ PNN � PNDgðPDgDg þ PnnÞ PNDg (24)
Now Equation 19 can be evaluated in the frequency
domain as follows:

FfNg ¼ PNDgðPDgDg þ PnnÞ�1FfDgg (25)
One can see immediately that Equations 24 and 25 are,
formally, the frequency-domain equivalents of the LSC
Equations 16 and 17. In fact, they can also be obtained
starting from the general form of the equation for Pee
and estimating that S = F{s} which makes Pee minimum;
such a derivation can be found in Sideris (1996). What
makes them much more efficient, though, is that
they require no matrix inversion as the �1 superscript
in Equations 24 and 25 implies straightforward division
at each frequency. Notice also that for noiseless data
(Pnn = 0), Equation 24 yields to Pee = 0, and Equation 23
becomes S = PNDg / PDgDg = F{N}/F{Dg} = (2pgq)�1.
Note, however, that for the PSDs to be the Fourier trans-
form of the covariance functions (CVs) used in colloca-
tion, these CVs have to be stationary, which is not the
case in practice with the noise CVs. Thus, the FFT
method, although it is much more efficient than LSC,
has to approximate nonstationary noise covariance func-
tions (which are easily handled by LSC) by stationary
ones; for details, see Sansò and Sideris (1997), Kotsakis
and Sideris (2001).
Computation of the terrain contributions
The terrain effect on Dg and the indirect effect on N are
computed from approximations to Equations 32 and 33
in Sideris, Geoid Determination, Theory and Principles.
Keeping only the terms for r = 1, these equations take
the following form:

�DgHP ¼ cP ¼ pkLðrH � rHPÞ2
¼ pk LðrH2Þ � 2HPLðrHÞ� � (26)
dNHP ¼ � pkr
g

H2
P �

pk
3g

LðrH3Þ (27)
With height data given in small area E around the com-
putation point P, the planar approximation of the L opera-
tor can be used. In this case, the above equation becomes
(Sideris, 1990)

cP ¼ 1
2
k
ZZ

E

rH2 � rH2
P

l3
dxdy

� HPk
ZZ

E

rH � rHP

l3
dxdy

¼ 1
2
k rPH

2
P

� 	 
 l�3
P � H2

P rP 
 l�3
P

� 	� �

� HPk½ rPHPð Þ 
 l�3
P � HP rP 
 l�3

P

� 		

(28)

ZZ 3 3
dNHP ¼ �pkr
g

H2
P � k

6g
E

rH � rHP

l3
dxdy

¼ �pkr
g

H2
P � k

6g
½ðrPH3

PÞ 
 l�3
P � H3

PðrP 
 l�3
P Þ	
(29)



370 GEOID, COMPUTATIONAL METHOD
where l�3
P ¼ ðx2P þ y2PÞ�3=2. The above convolutions can

be evaluated by FFT as follows:

cP ¼ 1

2
k½F�1fFfrPH2

PgFfl�3
P gg

�H2
PF

�1fFfrPgFfl�3
P gg	

�HPk½F�1fFfrPHPgFfl�3
P gg

� HPF
�1fFfrPgFfl�3

P g	 (30)

pkr k � �

dNHP ¼�

g
H2

P �
6g

F�1 FfrPH3
PgFfl�3

P g

�H3
PF

�1 FfrPgFfl�3
P g� �

(31)

From the definition of the vertical derivative operator L

in Equation 21 in Sideris, Geoid Determination, Theory
and Principles and the derivative property of the Fourier
transform (Bracewell, 1978), we can see that

FfLf g ¼ F
@f
@z

� �
¼ 2piwFf f g ¼ �2pqFf f g (32)

where i is the imaginary unit. We have also used the rela-
tionship iw = �q, which is a straightforward result of
Laplace’s equation in the frequency domain:

FfH2f g ¼ ½ði2puÞ2 þ ði2pvÞ2

þ ði2pvÞ2	Fff g ¼ 0
(33)

Now Equations 26 and 27 can also be evaluated by FFT

using the analytical spectrum of the L operator as follows:

cP ¼ pkðF�1f�2pqFfrPH2
Pgg

�2HPF
�1 �2pqF rPHPf gf gÞ (34)

pk pk

dNHP ¼ �

g
rPH

2
P � 3g

F�1f�2pqFfrPH3
Pgg (35)

Such analytical representations of kernel functions,

though not recommended for use in limited areas (Li and
Sideris, 1993), are often used in satellite altimetry applica-
tions, as discussed in the section that follows.
Evaluation of satellite altimetry contributions
Like Stokes’s formula, the inverse Stokes, inverse Vening
Meinesz and deflection-geoid formulas employ kernels
that are functions of the spherical distance c between the
data and computation points; see Equation 19 in Sideris,
Geoid Determination, Theory and Principles. Therefore,
when gridded data is available, they can be efficiently
evaluated on the sphere by either the rigorous 1D FFT or
the approximate 2D FFT formulas, completely analogous
to Equations 4–9 used for Stokes’s integral. They will not
be discussed further here, and the interested reader is
referred to Hwang (1998) for detailed equations. Instead,
we will concentrate here on the planar approximations
with analytical kernel spectra.

On the plane, employing the same approximation for
the sine and cosine of c as we did for Stokes’s formula,
Equations 36–40 in Sideris,Geoid Determination, Theory
and Principles simplify to

DgP ¼ � g
2p

ZZ

E

N � NP

l3
dxdy¼ �gLN ¼ �g

@N
@z

(36)

g
ZZ

y� yP x� xP
� �
DgP ¼ �
2p

E

x
l3

þ �
l3

dxdy

¼ � g
2p

xP 
 lxP þ �P 
 l�pÞ
�

(37)

2 2 3=2
lx ¼ y=ðx þ y Þ ¼ �@lN=@y

l� ¼ x=ðx2 þ y2Þ3=2 ¼ �@lN=@x
(38)

1
ZZ

y� yP x� xP
NP ¼ �
2p

E

ðx
l2

þ �
l2

Þdxdx

¼ � 1
2p

ðxP 
 lxP þ �P 
 lyPÞ (39)

l ¼ y=ðx2 þ y2Þ
y

lx ¼ x=ðx2 þ y2Þ (40)

By making use of the derivative property of the Fourier

transform, their evaluation by FFT is done as follows:

DgP ¼ �gF�1

�
2pqFfNPg

�
(41)

i � �� �

DgP ¼ gF�1

q
vFfxPg þ uFf�Pg (42)

i � �� �

NP ¼ F�1

2pq2
vFfxPg þ uFf�Pg (43)

The planar form of Equation 42 in Sideris, Geoid

Determination, Theory and Principles, namely

@Dg
@z

¼ �g
@x
@y

þ @�

@x


 �
(44)

also reduces to Equation 42 in the frequency domain,
unless one is interested not in Dg but in its vertical
derivative, which then can be computed from the
expression

@Dg
@x

����
P

¼ 2pgF�1fivFfxPg þ iuFf�Pgg (45)
Finally, Equation 35 in Sideris, Geoid Determination,
Theory and Principles that gives the deflections from
altimetry-derived undulations is in planar approximation
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x ¼ � @N
@y

; � ¼ � @N
@x

(46)

and therefore its FFT-evaluation can be done via the
expression

xP ¼ �2pF�1fivFfNPgg;
�P ¼ �2pF�1fiuFfNPgg

(47)
Summary
In this entry, we have outlined the steps in the remove-
compute-restore technique that is employed in the numer-
ical computations of geoid undulations. We have shown
that most of the equations expressing the terrain and grav-
ity effects on the geoid are convolution integrals, and have
described in detail how they can be efficiently evaluated
by FFT given gridded data on the sphere or on the plane.
In addition, computations by least-squares collocation
have been outlined both in the space and in the frequency
domain, in which the formula is equivalent to Wiener
filtering and provides both noise filtering and accuracy
estimates of the geoid through propagation of the
data noise to the results. The entry closes with the evalua-
tion of various formulas used in gravity and geoid
determination in the oceans using data from satellite
altimetry.
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Synonyms
Excursions were initially observed as “tiny wiggles” in
marine magnetic anomalies (LaBreque et al., 1977)
and were termed “cryptochrons” by Cande and Kent
(1992a, b).

Definition
Geomagnetic Excursions are periods of unusually high-
amplitude secular variation (see Geomagnetic Field,
Secular Variation). They are usually defined as short-term
deviations of the Virtual Geomagnetic Dipole (VGP) more
than 40–45� from the geographic poles (see Geomagnetic
Field, Global Pattern).

Geographical and temporal extent
Excursions last for up to a few thousand years during
times of otherwise stable field polarity. The unusual direc-
tions, which sometimes represent regionally complete
reversals (see Geomagnetic Field, Polarity Reversals),
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Geomagnetic Excursions, Figure 1 Paleomagnetic secular
variation and relative paleointensity (small dots are original data,
large dots are 3-pt running average) records from Blake Outer
Ridge core JPC14 for the time interval of the Laschamp Excursion.
NRM after 20 mT demagnetization was used outside the
excursion interval and NRM characteristic remanences were used
in the excursion interval. These records show the same distinctive
interval of low paleointensity seen in other cores (Figures 2, 3).
But it contains a much more dramatic pattern of directional
variability that we consider to be a more accurate and high-
resolution record of the Laschamp Excursion as seen on
the Blake Outer Ridge. The dashed lines indicate three time
intervals where directions in this record are almost identical to
the Laschamp Excursion directions seen in Europe (open
diamonds). These three intervals also have similar
paleointensity lows. Boxes at top indicate intervals of clockwise
(C) or counterclockwise (CC) looping (circularity) in the directional
data.

372 GEOMAGNETIC EXCURSIONS
are always accompanied by globally correlative low levels
of field intensity (see Paleomagnetic Field Intensity). Low
intensity starts earlier than the anomalous directions and
outlasts them. There is some emerging evidence that
excursions are global in extent. However, uncertainties
in age control limit the ability to establish synchronicity
among directional records recovered from different
regions. Inadequate paleomagnetic recording may
also cause excursions to be missed at certain localities.
Lava flows do not provide a continuous record of
field behavior, and sediment records of short-term direc-
tional field behavior may be smeared due to low sedimen-
tation rates (see Geomagnetic Field, Measurement
Techniques).

The frequency and duration of geomagnetic excursions
are also open issues. Answers depend on recovering fur-
ther high-quality replicated records, as well as better
understanding of their regional versus global extent. There
is reproducible evidence for 17 time intervals within the
Brunhes Chron with at least regionally verifiable magnetic
field excursions (Lund et al., 2006). Two well-recorded
examples of excursions are the Laschamp Excursion,
first noted in French lavas (Bonhommet and Babkine,
1967) which occurred about 40 ka, and the Blake Event
(first observed by Smith and Foster [1969]) from about
120 ka.

The Figure 1, reproduced from Lund et al. (2005), is
a high-resolution record of the Laschamp Excursion, as
recovered from the Blake Outer Ridge in the North
Atlantic Ocean.

Field configuration during excursions
Complete understanding of the mechanism causing excur-
sions depends on improved mapping of the global field
geometry during excursional intervals. Roberts (2008)
summarized three suggested excursionary field configura-
tions. (1) The field remains largely dipolar but wanders
away from the rotational axis. In this case VGP’s would
be consistent regardless of sampling site. (2) The ratio of
non-dipole and dipole field components becomes very
high. In this case VGPs would depend strongly on the
sampling site. (3) Relatively localized sources in the
outer-core produce regional excursions (see Geomagnetic
Field, Theory).

Several numerical dynamo models are able to simulate
magnetic field excursions for certain choices of boundary
conditions. But model numerical simulations are limited
in spatial or temporal resolution due to presently limited
computer technology (Glatzmaier, 1999).

Origin
The most widely accepted explanation for the origin of
geomagnetic excursions comes from Gubbins (1999).
According to this theory, the outer core reverses briefly
but the solid inner core, which has a magnetic diffusion
time on the order of 3,000 years, does not reverse. In the
case in which the inner core did have time to turn around,
the event would be recorded as a full field reversal (see
Geomagnetic Field, Polarity Reversals).
Summary
Geomagnetic excursions are brief periods of anomalous
directions coupled with low field intensity. Their spatial
extent, duration, and causative mechanism are under
study. A review paper by Laj and Channel (see bibliogra-
phy) provides an excellent summary of the research to
date.
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Introduction
The geomagnetic field is generated in the fluid outer core
region of the Earth by electrical currents flowing in the
slowly moving molten iron. In addition to sources in the
Earth’s core, the geomagnetic field observable on
the Earth’s surface has sources in the crust and in the ion-
osphere and magnetosphere. The signal from the core
dominates, accounting for over 95% of the field at the
Earth’s surface. The geomagnetic field varies on a range
of scales, both temporal and spatial; the description of
the variations made here concentrates on the recent spatial
and temporal variations of the field with origins in the
Earth’s core that can be surmised from observations made
over the last four centuries.

Observations
The geomagnetic field is a vector quantity, having magni-
tude as well as direction. The direction of the geomagnetic
field has been directly observed and recorded for at least
400 years beginning with observations of the angle in
the horizontal plane between true north and the magnetic
field vector, known as declination or magnetic variation.
In 1634, it was realized by Henry Gellibrand that declina-
tion in Londonwas changing with time when he compared
his observations with those made by Edmund Gunter
12 years earlier. Since then, this important discovery of
secular variation has ensured regular observations of
the magnetic field through time.Measurements of declina-
tion were important for navigation across the oceans,
and a source of early observations is ships’ logbooks
(Jackson et al., 2000). Before long it was also realized that
other elements of the geomagnetic field were of interest, in
particular the angle of dip of the magnetic field vector
from the horizontal known as inclination, and this was also
measured. However, it was not till 1832 when Carl
Freidrich Gauss established his technique for measuring
absolute intensity did we have accurate measurements of
the magnitude of the geomagnetic field.

As demands on accuracy and interest in the geomag-
netic field increased, permanent observatories began to
be established. Since the 1840s the number of observato-
ries around the world has slowly increased but has now
dropped to about 160 in recent times. The advent of the
proton precession magnetometer and the fluxgate magne-
tometer in the twentieth century considerably eased the
automation of observatories during this time. However,
regular manual absolute observations, nowadays of
declination and inclination using a fluxgate theodolite,
are necessary to maintain accurate baseline control over
long periods of time. There are also networks of repeat sta-
tions providing data over extensive areas from which
country-wide magnetic charts can be derived. More
recently, magnetic measurements made by satellites have
become important in determining the pattern of the geo-
magnetic field. In particular, vector data from Magsat
(1979–1980), Ørsted (1999-current), and CHAMP
(2000–2010) have all been utilized in the production of
recent spherical harmonic models of the geomagnetic
field.

Spherical harmonic analysis
Till the 1950s, magnetic charts at a given epoch for use in
navigation depended on manually drawing contours
through the observations (Malin, 1971). Although
spherical harmonic analysis had been developed in 1839
by Carl Freidrich Gauss, it was not routinely used to fit
mathematical models to the observations till the advent
of computers. Before computers spherical harmonic
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analysis required that the data be in the form of values of
one or more of the orthogonal components X, Y, and Z of
the geomagnetic field (magnetic intensities in the north-
erly, easterly, and vertically down directions) at points reg-
ularly spaced in latitude and longitude (Barraclough,
1978). This involved the intermediate stage of interpolat-
ing values from manually drawn contour charts.

The mathematical and physical basis for spherical har-
monic analysis is now given. In a source-free region, the
Earth’s magnetic field B is the negative gradient of
a magnetic potential V that satisfies Laplace’s equation:

B ¼ �HV where H2V ¼ 0

A solution to Laplace’s equation for the magnetic

potential arising from sources inside the Earth at a given
epoch is given by:

V r; y; lð Þ ¼ a
Xnmax
n¼1

a
r

� �nþ1

Xn
m¼0

gmn cosmlþ hmn sinml
� 	

Pm
n yð Þ

In this equation, r, y, l are geocentric coordinates (r is

the distance from the center of the Earth, y is the colati-
tude, i.e., 90� - latitude, and l is the longitude), a is
a reference radius for the Earth (6371.2 km), gmn and hmn
are the spherical harmonic Gauss coefficients of degree n
and order m, Pm

n yð Þ are the Schmidt semi-normalized
Legendre functions and nmax is the maximum degree of
the spherical harmonic expansion. If the observations of
the magnetic field are spread over time, the magnetic
potential and corresponding Gauss coefficients are also
dependent on time with splines being commonly used.

Maps of the geomagnetic field
It is worth noting here that the first publishedmap of the geo-
magnetic field is that of declinationmade in 1701byEdmond
Halley. It was based on declination observationsmade during
a magnetic survey expedition under naval command and
covered the Atlantic Ocean (Clark and Barraclough, 2001).
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The maps that we show here are based on spherical har-
monic models. Nowadays, there are many such models of
the geomagnetic field and here we look at two examples.
One is the gufm1 model which is derived from four centu-
ries of magnetic field observations (Jackson et al., 2000)
and extends to spherical harmonic degree 14 with B-splines
being used to fit the variations in time from 1590 to 1990. It
has smoothness imposed in both the spatial and temporal
domains. The other model is the International Geomagnetic
Reference Field (Macmillan and Finlay, 2011) produced
under the auspices of the International Association of Geo-
magnetism and Aeronomy (IAGA). It extends to spherical
harmonic degree 10 till 1995 and thereafter extends to
degree 13. The variations in time from 1900 to 2015 in
the IGRF are assumed to be piecewise linear and there is
effectively no smoothness imposed in either the spatial or
temporal domains. The final IGRF coefficients are made
up of weighted averages of candidate sets of coefficients
from (mostly) unregularized models.

Using the gufm1 model, plots of declination and incli-
nation at 1600, declination, inclination, and total intensity
at 1950 are shown in Figures 1 and 2. Using the eleventh
generation IGRF, plots of the magnetic elements at 2010
and their rates of change are shown in Figures 3–9. The
rates of change plots are derived from a predictive secular
variation model which extends to spherical harmonic
degree 8. Up-to-date maps, and on-line calculators are
available from a number of websites, for example, http://
www.geomag.bgs.ac.uk/navigation.html and http://www.
ngdc.noaa.gov/geomag/WMM/DoDWMM.shtml.

Features of note on these maps are the dip equator and
dip poles in the maps of inclination (Figures 1, 2 and 8),
and the area of weak magnetic field in the South Atlantic,
and strongmagnetic field near the poles in Figures 2 and 9.
The dip equator is where the magnetic field is horizontal
(inclination = 0�) and a current system is set up in the
upper atmosphere called the equatorial electrojet. The
dip poles (also called magnetic poles) are locations where
the magnetic field is, on average, vertical. Another set of
poles is the dipole poles or geomagnetic poles. Their posi-
tions can be derived from the degree 1 spherical harmonic
coefficients (g01, g11; and h11). Associated with the
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geomagnetic poles, in approximately oval-shaped loci, are
the auroral electrojets in the upper atmosphere. The elec-
trojets, particularly the auroral electrojets, generate rapid
time-varying magnetic fields of significant amplitude.

Recent changes in the geomagnetic field
From a comparison of the declination maps in Figures 2
and 7 it can be seen that the zero contour (the agonic line)
is moving slowly westwards with time. This westwards
movement of the magnetic field pattern at the Earth’s
surface, particularly prevalent in the Atlantic hemisphere,
is related to the motion of fluid at the core surface slowly
westwards, dragging with it the magnetic field lines.

Using IGRF-11 to compute the root mean square mag-
netic field vector at the Earth’s surface arising from all
spherical harmonic terms (n � 10), the centred dipole
terms (n = 1) and the non-dipole terms (1 < n � 10), it
can be seen in Figure 10 that since 1900, the geomagnetic
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field is weakening overall by becoming less dipolar. How-
ever the non-dipolar part is strengthening. This may have
consequences for the trajectories of energetic charged
particles that enter the Earth’s magnetosphere. One mani-
festation of this is the deepening, and westwards
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movement, of the South Atlantic Anomaly, the region
where the geomagnetic field is weaker than elsewhere
(see Figures 2 and 9). Energetic charged particles are able
to penetrate closer to the Earth and cause a radiation haz-
ard for satellites passing through this region.
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Superimposed on these gradual changes of the mag-
netic field are the so-called geomagnetic jerks. They are
relatively abrupt (duration of months) changes in the
second time derivative, or secular acceleration, of the
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magnetic field. The first observed geomagnetic jerk was
that around 1969, and since the late nineteenth century
when direct and continuous measurements of the Earth’s
magnetic field have been available, geomagnetic jerks
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have also been observed to occur around 1925, 1978,
1991, and 1999. These jerks are most readily observed
in the first time derivative of the easterly intensity at
European observatories (Figure 11).

Various analysis techniques have been applied to jerks
to investigate specific aspects of their temporal and spatial
characteristics. Using wavelets, the 1969 and 1978 jerks
have been shown to have different arrival times at the
Earth’s surface, with the northern hemisphere leading the
southern hemisphere by about 2 years (Alexandrescu
et al., 1996).

Understanding their origin is important, not only
because they result from interesting dynamical processes
in the core and may help determine the conductivity of
the mantle, but also for improving time-dependent models
of the geomagnetic field and for the strictly practical
purpose of forecasting its future behaviour, for example,
as used in navigation.
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Definition
The International Geomagnetic Reference Field (IGRF) is
a series of mathematical models of the Earth’s main field
and its annual rate of change (secular variation).

Each generation of the IGRF comprises three constitu-
ent models:

1. The IGRF model that is a prediction of the state of the
main field at an epoch t (considering that the epoch
of IGRF model elaboration is approximately between
[t-3 years] and [t-1 years]).

2. The secular variation model that is also a prediction of
the annual variation rate of the main field between
epoch t and (t + 5 years).

3. The Definitive Geomagnetic Reference Field model
(DGRF), which is the revision of the previous genera-
tion IGRF model 5 years before the epoch (t-5 years).

The constituent models are designated provisional or
definitive. Once a constituent model is designated
definitive it is not revised in subsequent generations of
the IGRF.

Datasets
As it can be seen in Table 1, the periodicity of IGRF’s elab-
oration varies with time. In addition, upgrades are regularly
incorporated. For example, the truncation degree/order of
the main field spherical harmonic analysis was extended
from 10 up to 13 after 1995 (IAGA, Division V, Working
Group 8, 2003). Similarly, the precision of the coefficients
was extended from 1 nT to 0.1 nT after 1995 (IAGA, Divi-
sion V, Working Group 8, 2003) and then to 0.01 nT after
2000 (IAGA, Working Group V-MOD, 2010).

These two changes were made possible by technologi-
cal advances. Indeed, before 1979, only near-surface data
(permanent observatories, repeat stations, land, airborne
and marine surveys; see Geomagnetic Field, Measure-
ment Techniques;Magnetic Methods, Airborne) were used
(Peddie, 1983; Zmuda, 1971) and, consequently, the spa-
tial distribution of data over the globe remained poor.
The International Decade of Geopotential Field Research
allowed modelers to take advantage of the excellent spa-
tial coverage and high quality of measurements made by
near-polar satellites (see Magnetic Methods,
Satellite). The POGO satellites (1965–1971), Magsat
(1979–1980), POGS (1990–1993), Oersted (1999–),
SAC-C (2000–), and CHAMP (2000–), have all been uti-
lized in the production of the IGRF.

Today, data from permanent magnetic observatories are
still the most important source of information about time-
varying fields, especially for secular variation constituent
models (see Geomagnetic Field, Secular Variation) while
magnetic satellite missions allow the acquisition of homo-
geneously distributed data over the entire globe during
a short period of time (as compared to magnetic observa-
tories time series). The two datasets remain highly
complementary.

Basic mathematical expression
Each mathematical model consists in a set of coefficients,
called Gauss coefficients, associated to solid spherical
harmonic functions.

Indeed, in source-free regions (the spherical shell
bounded by the Earth’s surface and the base of the iono-
sphere at an altitude around 100 km), the main field, gen-
erated by fluid motions in the Earth’s electrically
conducting liquid outer core, may be expressed as the neg-
ative gradient of a scalar potential V, which is represented
by a truncated (up to degreeN ) series expansion (seeGeo-
magnetic Field, Theory):

V r; y;jð Þ ¼ R
XN
n¼1

R
r


 �nþ1Xn
m¼0

gmn cos mjð Þ�

þ hmn sin mjð ÞÞPm
n yð Þ

where r, y, j are geocentric coordinates according to
a reference coordinate system.



Geomagnetic Field, IGRF, Table 1 Summary of IGRF history

Full name Short name Valid for Definitive for

IGRF 11th generation (revised 2009) IGRF-11 1900–2015 1945–2005
IGRF 10th generation (revised 2004) IGRF-10 1900–2010 1945–2000
IGRF 9th generation (revised 2003) IGRF-9 1900–2005 1945–2000
IGRF 8th generation (revised 1999) IGRF-8 1900–2005 1945–1990
IGRF 7th generation (revised 1995) IGRF-7 1900–2000 1945–1990
IGRF 6th generation (revised 1991) IGRF-6 1945–1995 1945–1985
IGRF 5th generation (revised 1987) IGRF-5 1945–1990 1945–1980
IGRF 4th generation (revised 1985) IGRF-4 1945–1990 1965–1980
IGRF 3rd generation (revised 1981) IGRF-3 1965–1985 1965–1975
IGRF 2nd generation (revised 1975) IGRF-2 1955–1980 –
IGRF 1st generation (revised 1969) IGRF-1 1955–1975 –
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r is the distance from the center of the Earth, y is
the colatitude (i.e., 90� – latitude), and j is the longitude,
R is a reference radius (Earth mean radius) set to
6371.2 km; g n

m and hn are the Gauss internal coefficients,
and P n

m(y) are the Schmidt semi-normalized associated
Legendre functions of degree n and order m.

The IGRF coefficients are time dependent. In the series
of IGRF mathematical models, the variations are assumed
to be linear on 5-year intervals. For the upcoming 5-year
epoch, the rate of change is given by predictive secular
variation coefficients (see Geomagnetic Field, Secular
Variation).
IGRF evolving
One of the first suggestions to develop an International
Geomagnetic Reference Field model was made in 1954
at the International Association of Geomagnetism and
Aeronomy (IAGA) Scientific General Assembly in
Toronto. The aim in developing such reference models
was to have a common basis for calculating the main geo-
magnetic field in order to homogenize the results of aca-
demical/fundamental studies (on fields as diverse as the
crustal and external fields) and to provide the industrial
world (Meyers and Davis, 1990) with a well-identified
description of the Earth’s core magnetic field.

Thus, an internationally coordinated effort was carried
out under the aegis of IAGA relying on cooperation
between magnetic field modelers, institutes, and agencies
responsible for collecting and publishing geomagnetic
field data.

Since 1969, date of the first adoption of an IGRF
(IGRF-1 valid for 1955–1975), the IGRF has evolved into
a series of mathematical models of the Earth’s main field
(Langel, 1987) and its annual rate of change at 5-year
intervals covering the period 1900–2015 (Table 1).

New candidate models are carefully produced and
widely documented as are their evaluation procedures.
The final decision is made by the IAGAWorking Group-V
Mod. Most of the time, the elected DGRF and IGRF
models of the current generation are derived by taking
means (sometimes weighted) of the coefficients of
selected candidate models. Indeed, one particular selected
candidate model cannot be chosen preferably to another as
the various datasets, selection criteria of the data, applied
corrections and even modeling methods have their own
strengths and weakness. The robustness of IGRF lies in
the fact that even if there are significant differences
between the candidate models in every part of the devel-
opment chain (datasets, data selections, algorithms,
regularizations), the results are fairly consistent at the end.

General Information about the IGRF and coefficients
of the 11th generation are available at: http://www.ngdc.
noaa.gov/IAGA/vmod/igrf.html.

Additional figures and programs to compute the field
components for a specific location and time are available
at: http://wdc.kugi.kyoto-u.ac.jp/igrf/index.html.
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Introduction
Continuous monitoring, modeling, and interpretation of
the geomagnetic field and its spatial and temporal varia-
tions are the prerequisites to understand our magnetic
planet. Based on geomagnetic models (see Geomagnetic
Field, Global Pattern), covering very short to longer tem-
poral scales, it makes it possible to understand core dynam-
ics (see Core Dynamo), lithospheric magnetic signals (see
Magnetic, Global Anomaly Map; Magnetic Anomalies,
Interpretation), and the geomagnetic environment. This
represents an important challenge in understanding the
System Earth. Clearly, geomagnetic measurements from
ground and space represent the main ingredient in model-
ing and understanding the Earth’s magnetic field (Mandea
and Purucker, 2005, Geomagnetic Field, IGRF). Further-
more, magnetic measurements are also used in connection
with different geophysical surveys (ground and/or air-
borne) in detecting mineralization and/or geological and
tectonic structures. They are also used to detect
archeological sites, shipwrecks, and other buried or sub-
merged objects. Moreover, magnetic techniques are used
at drilling sites for navigating well-bores, or in monitoring
the geomagnetically induced currents that can result in
damage to transformers, a potentially major expense to
power companies. Finally, prediction of space weather is
crucial considering its potential impact on man-made tech-
nologies on Earth and in space (satellites and spacecraft,
electricity power grids, pipelines, radio and telephone
communications, geophysical exploration, etc.).

Two types of measurements are needed to characterize
the geomagnetic field: scalar and vector. A scalar mea-
surement gives a very accurate value of the total strength
of the magnetic field, however, a full characterization of
the magnetic field vector is not reached. Avector measure-
ment has the capability to provide the components of the
magnetic field in particular directions, relative to the spa-
tial orientation of the sensors. These measurements are rel-
ative. Both kinds of measurements are needed for an
accurate and full description of the magnetic field.

Scalar measurements are based on the transformation of
a frequency – a very accurate measurement – into inten-
sity of the magnetic field. In the spectral domain, the mea-
surement is indeed the location of the center of the spectral
line. The relative accuracy of this determination is very
high, something as 10�12 being common in physics. For
magnetic measurements a relative accuracy of order of
10�7 is reached, due to the rather broad spectral line. In
a proton precession magnetometer the universal physical
constant is the gyromagnetic ratio of the proton (42.58
MHz/T), and the basic unit is time (inverse of frequency).
In a proton magnetometer, protons in a liquid (such as
water or kerosene) are first polarized; when the polarizing
field is switched off, the protons precess around the mag-
netic field direction with a frequency that is proportional
to the magnetic field intensity. Overhauser magnetometers
are typically installed at magnetic observatories, but they
are also used for some other ground observations or on
board of the Ørsted and CHAMP magnetic satellites.

In contrast, vector measurements made with a fluxgate
magnetometer are based on the nonlinearity of the magne-
tization of soft magnetic materials. The very sensitive part
of this instrument is an easily saturable core made of
a material with high permeability. This core is wrapped
by two windings: an excitation coil and a pick-up coil.
An alternating excitation current is passed through the
excitation coil, driving the core through an alternating
cycle of magnetic saturation. This changing field induces
an electrical current in the pick-up coil, and this output
current can be accurately measured. If the core is exposed
to an external magnetic field, it is more easily saturated in
alignment with that field and less easily saturated in oppo-
sition to it. The signal in the pick-up coil has not only the
excitation frequency, but also the other harmonics. The
second harmonic is particularly sensitive to the back-
ground magnetic field. Often, the current in the pick-up
coil is integrated, yielding an output analog voltage, pro-
portional to the magnetic field. The fluxgate magnetome-
ters are subject to an instrument drift. To minimize these
drift contributions in the final data different approaches
are used to calibrate the fluxgate magnetometers, on one
hand for the ground measurements and on the other hand
for the satellite measurements.

The instruments used to measure the magnetic field on
ground or in space are based on the same physical con-
cepts, and they are basically the same. Of course, for space
missions constraints are imposed by weight and consum-
ing energy. More details on magnetometers used in
ground-based observations are given in the section Earth’s
Surface Magnetic Field Measurements. Considering the
different and more complex approaches in processing data
provided by satellite missions, we review them in the sec-
tion Near-Earth Magnetic Field Measurements. Finally, in
the section Summary we offer a perspective on promising
avenues in measuring the magnetic field.

Earth’s surface magnetic field measurements
Historically, magnetic observatories were established
to monitor the secular change of the Earth’s magnetic
field, and this remains one of their major functions (see
Geomagnetic Field, Secular Variation). This generally
involves absolute measurements that are sufficient in
number to monitor instrumental drift of fluxgate magne-
tometers giving variation measurements of the three field
components, in arbitrary units (see Magnetometers).
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A scalar measurement of the field intensity obtained
commonly by a proton magnetometer is absolute: as
noticed before, it depends only upon our knowledge of
a physical constant and a measurement of frequency. The
measurements achieved with such an instrument have
a great accuracy (in excess of 10 ppm). Figure 1a shows
an Overhauser magnetometer.

Scalar magnetometers make measurements of the
strength of the magnetic field only, and provide no infor-
mation about its direction. It is also possible to make an
absolute measurement of direction of the geomagnetic
field, by measuring the angle I (inclination) with respect
to the horizontal plane, and the angle D (declination) in
the horizontal plane between the magnetic North and true
North (the last one determined by reference to a fixed
mark of known azimuth, obtained astronomically or by
using a gyro). A fluxgate-theodolite (DI-flux), as shown
in Figure 1b, used commonly to measured D and I,
requires manual operation. The DI-flux consists of
a nonmagnetic theodolite and a single-axis fluxgate sensor
a

c d

Geomagnetic Field, Measurement Techniques, Figure 1 Geomag
fluxgate magnetometer (b), theodolite with fluxgate coupled to th
SyStem (GAUSS) is also shown (d).
mounted on top of a telescope. The DI-flux is considered
to be an absolute instrument, which means that the angles
measured by the instrument do not deviate from the true
values D and I. This is achieved by using an observation
procedure that eliminates unknown parameters such as
sensor offset, collimation angles, and theodolite errors.
For example, collimation errors between the fluxgate sen-
sor and the optical axis of the theodolite, and within the
theodolite, are minimized by taking readings from four
telescope positions. With the fluxgate sensor operating in
the null-field mode, the stability and sensitivity of the sen-
sor and its electronics are maximized. In a land-based
observatory, such absolute measurements are typically
performed once/twice a week, manually, and are used to
monitor the drift of the fluxgate variometers.

A vector measurement is made with a fluxgate magne-
tometer that operates with minimal manual intervention.
These instruments require temperature-controlled envi-
ronments and installation on extremely stable platforms
(however, some modern systems are suspended and
b

netic observatory sensor package: proton magnetometer (a),
e telescope (c). The new prototype of Geomagnetic AUtomated
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therefore compensate for platform tilt). Even with these
precautions they can still be drifting subject to sources
from both within the instrument (temperature effects)
and also the stability of the instrument mounting. Because
these measurements are not absolute, they are referred to
as variation measurements, they have to be calibrated
against standard instruments, and then the instruments
are known as variometers. One of the most widely used
variometers is the FGE fluxgate manufactured by the Dan-
ish Meteorological Institute, Denmark (see Figure 1c).
The sensor unit consists of three orthogonally mounted
sensors on a marble cube. In order to improve long-term
stability, these sensors have compensation coils wound
on quartz tubes, resulting in a sensor drift of only a few
nT per year. The marble cube is suspended by two strips
of crossed phosphor-bronze working as a cardanic suspen-
sion to compensate for pillar tilting that might cause base-
line drift. The box containing the electronics is almost
magnetic free, and is placed several meters from the sensor
to further minimize its effect on the readings. The magni-
tude and directional response of these instruments needs to
be calibrated against accurately known sources.

All modern land-based magnetic observatories use sim-
ilar instrumentation and process the data in a comparable
way to produce similar data products. For a full descrip-
tion, see the INTERMAGNET Web site (www.
intermagnet.org). The fundamental measurements
recorded are on average 1-min values of the vector compo-
nents and of scalar intensity. From the 1-min data, hourly,
daily, monthly, and annual mean values are produced.

Finally, let us note that data processing consists in
a weekly determination of baseline values from absolute
measurements. The processing has to include the determi-
nation of all systematic errors, and the quality of measure-
ments depends strongly on the experience and accuracy of
the observer. Because of this subjective parameter in the
final data products and because regular absolute measure-
ments lack in remote areas, several attempts have been
made to operate absolute vector field instruments
Optical bench with
fluxgate magnetometers
and star sensors

Overhauser
magnetometer Digital ion driftmeter

and langmuir probe

Star sen

Geomagnetic Field, Measurement Techniques, Figure 2 The CHA
4-m boom, the Overhauser magnetometer (at the very end), and th
optical bench).
automatically. Among them, one can note a DI-theodolite
automatization (van Loo and Rasson, 2006) or a proton
vector magnetometer (Auster et al., 2006) for discrete
absolute measurements. Efforts have been done to
develop a Geomagnetic AUtomated SyStem (GAUSS),
instrument-based on rotating a three-component fluxgate
magnetometer about well-known axes (Auster et al.,
2007). Figure 1d shows this instrument, as mounted in
Niemegk magnetic observatory (Germany). Only low
mechanical requirements are necessary compared to the
standard method with a DI-flux theodolite, but all
demands on an absolute measurement are satisfied. The
new system aims to be a reliable working automated abso-
lute geomagnetic instrument worldwide.

Near-Earth magnetic field measurements
As stated previously, instruments used in measuring the
magnetic field from space are based on the same tech-
niques as the ones on ground, however, the approach to
process the magnetic satellite measurements is more com-
plex and different from the one used for magnetic observa-
tories. For this reason, the main part of this contribution is
dedicated to measurements processing from Overhauser
and fluxgate magnetometers, and the examples refer
mainly to the CHAMP satellite (www.gfz-potsdam.de)
(Mandea et al., 2010). The instruments on board the
CHAMP satellite are shown in Figure 2; those needed to
measure the magnetic field are situated on the 4-m boom,
far from the satellite body and its magnetic disturbances
(see also Magnetic Methods, Satellite).

Overhauser magnetometer data processing
An Overhauser magnetometer (OVM), as the one that has
been used on Ørsted or CHAMP satellites, is regarded as
the magnetic reference instrument. Its output frequency
is directly proportional, through the gyromagnetic ratio,
to the ambient magnetic field magnitude. Generally, this
instrument samples the magnetic field at a rate of 1 Hz
S-Band antenna

Accelerometer (inside the
spacecraft at center of mass)

sors

GPS POD antenna

MP satellite. The main magnetic instruments are installed on the
e two fluxgate magnetometers and the star cameras (on the
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with a resolution of 0.1 nT. In order to make the readings
a traceable standard, the output frequency is compared to
a reference oscillator.

Although the OVM readings are highly accurate, they
do not simply reflect the Earth’s magnetic field. There
are magnetic influences from the spacecraft and the instru-
ments that have to be accounted for. The major processing
steps for correcting the data provided by such an instru-
ment are (1) time correction, (2) correction of internal
oscillation, (3) correction of additive fields, and (4) correc-
tion of multiplicative effects.

1. The input data come with a time stamp, accounting for
the time of transmission from the instrument to the on-
board data handling system. For the data interpretation
it is important to know precisely the epoch at which the
reading is valid. Since the satellite is a fast moving plat-
form, readings have to be time-tagged with millisecond
precision. The relevant time difference has been deter-
mined in ground tests. The epoch of the OVM readings
is defined as the reference time to which the next level
data of all the other instruments, relevant for the mag-
netic field products, are resampled.

2. During the next processing step the applied scale factor
to the magnetic field readings is checked and corrected.
For determining the actual frequency of the internal
oscillator the cycles are counted within a gate of 60-
GPS s. To convert the Larmor frequency into magnetic
field strength, the gyro-magnetic ratio is applied, as
recommended by the International Association of Geo-
magnetism and Aeronomy (IAGA), during the IUGG
General Assembly in Vienna, 1991. With this conven-
tion, for example, the CHAMP scalar magnetic field
readings can be traced back uniquely to the two inter-
nationally maintained standards, GPS-second and
gyro-magnetic ratio.

3. The remaining corrections concern the disturbances
produced by the satellite, and all fields adding to the
true ambient are considered together. Contributions
come from the remanent magnetization of the space-
craft, from electric currents in the systems, and also
from the directional anisotropy of the sensor. These
extra fields cannot be simply subtracted. Their influ-
ence on the field magnitude has to be determined by
finding the projection of the disturbance on the total
field vector. For example, the remanent magnetic field
of the spacecraft has to be determined in a preflight sys-
tem test. Since the OVM is mounted at the tip of a long
boom, the remaining effect is only of the order of 0.5
nT. There are some stray fields, generated by electric
currents, for example, in the solar panels that make
effects of less than 0.5 nT. Current readings from the
housekeeping data are also needed for this correction.
Comparably large are the contributions from the three
orthogonal magneto-torquers, which are used for con-
trolling the spacecraft attitude. This contribution can
be predicted quite reliably when the currents through
the torquer coils are measured.
4. In the last step corrections associated with perturba-
tions proportional to the ambient magnetic field are
considered. For CHAMP, these are the permeability
of the spacecraft and the cross-talk from the fluxgate
magnetometers onto the Overhauser magnetometer.
Based on the fairly small sizes of the various correction
terms described above one can conclude that the field
magnitudes provided are rather reliable, with an abso-
lute accuracy of better than 0.5 nT.

Fluxgate magnetometer data processing
A fluxgate magnetometer (FGM) measures the three com-
ponents of the magnetic field. These vector field measure-
ments are performed at a rate of 50 Hz with a resolution of
0.1 nT. This higher rate is justified by the significantly
larger variability of vector components compared to the
fluctuations of the field magnitude. The FGM characteris-
tics are expected to change in response to environmental
influences or with time. In order to ensure reliable read-
ings of the vector field components from a multiyear mis-
sion, the calibration parameters have to be updated at
regular intervals (for CHAMP this is done every 15 days).
The in-flight calibration is based on a direct comparison of
the FGM readings with the OVMdata. The main steps are:
(1) time correction, (2) preliminary scaling of data, (3) cor-
rection for sensor temperature, (4) correction for torque
fields, (5) rescaling of data with actual calibration param-
eters, and (6) decimation to 1 Hz data.

1. The FGM calibration starts with a proper dating of
readings where the delay of the time stamp with regard
to the exact epoch of measurement is considered.

2. In the following step the raw data are converted to
physical units with the help of a preliminary set of
parameters. The measurements are expected to have
a bias and need to be scaled. Firstly, the offset vector
is subtracted from the FGM readings, measured in
engineering units. Thereafter, the results are scaled into
nT. For CHAMP, linear, quadratic, and cubic terms are
taken into account.

3. Corrections of the environmental influences are cru-
cial. The sensor changes its geometry with the ambient
temperature. This has an influence on the scaling fac-
tor. Other parameters, bias and sensor orientation, are
not affected by temperature. In preflight test the tem-
perature coefficients have been determined, and they
amount to about 30 ppm/K for all axes. This effect is
corrected using the temperature measurements at the
sensor place.

4. During the next step the magnetic fields produced by
the spacecraft are considered. For the FGM, there is
no need to correct for constant or slowly varying influ-
ences, such as the remanent and induced magnetic field
of the spacecraft: these effects are accounted for in the
FGM calibration parameters. However, disturbances
varying over short time have to be corrected directly.
An example for that is the magnetic field generated
by the current flowing through the torquer coils.
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5. FGM data corrected to this level are used for the scalar
calibration. This calibration against OVM data results
in an improvement of the nine FGM processing param-
eters (three scale factors, three offset values, three
angles between sensors).

6. The processing scheme is applied to the full 50 Hz data
set. In order to make vector data consistent with the
scalar data, they are resampled to 1 Hz. This
resampling is not accomplished by a simple average
over the FGM reading within a second. A linear fit to
the 100 values centered on the target time is preferred.
The new value is then computed from the derived func-
tion at the epoch of the related OVM reading. This pro-
cedure is performed individually for all three
components.

The new data sets are accessible to users. These fully
calibrated vector data useful for certain applications, are
given in the FGM sensor frame. A transformation is
needed to obtain data into the commonly used NEC frame
(a local Cartesian frame having its origin at the position of
the satellite with the three components pointing to geo-
graphic north, east, and to the center of the Earth).
A number of rotations have to be performed for this coor-
dinate transformation. The rotation angles from the FGM
sensor system to the star camera (ASC) are determined
before launch. The rotation into the celestial frame, ICRF,
is based on the attitude data. For the rotation from the
ICRF into the Earth-fixed, ITRF frame, the Earth’s current
rotation parameters are used (as provided by the IERS ser-
vice), where the satellite position is taken from the precise
orbit determination. The final rotation into the NEC frame
requires just the satellite position. Magnetic field vector
data in the NEC frame are the prime data source for all
modeling efforts and for various other applications.

In-flight scalar calibration
When processing the FGM magnetic field readings for
a multiyear mission, in-flight calibration plays an impor-
tant role. For that reason the approach used for CHAMP
is summarized here.

During the calibration process the readings of the OVM
are used as a reference. By comparing field magnitude
values with those from FGM, the nine principle parame-
ters of the vector instrument can be determined in
a nonlinear inversion. The basic idea is that the OVM
and FGM should provide the same values for the magnetic
field strength, and any difference can be explained by an
improvement of the nine basic FGM parameters. These
parameters are expected to be constant over at least one
day. A linear expression relates the processed OVM data
to the magnetic field components from the FGM through
the nine unknowns. In practice, a system of equations is
set up making use of all 86,400 daily measurements, from
which the nine FGM parameters are determined by least
squares. Averages over 15 days are used in the FGM
processing for the final scaling of the vector data. After
this last processing step the root mean square (rms) value
of the difference between OVM and FGM varies from
0.1 to 0.2 nT. This can be regarded as a verification of
the used calibration approach.

After more than 10 years of being in orbit, CHAMP sat-
ellite gives an interesting example about how the prime
FGM parameters have varied over the mission period.
There are systematic differences between the variations
of the scale factors and the other parameters. The scale
values show a monotonic increase over time. The trend
is the same for all three components and it can reasonably
well be approximated by a logarithmic function. Over the
mission time life, the scale factor has changed by seven
parts in 10.000, corresponding to an error in magnetic
field of some 40 nT. The other parameters show no signif-
icant long-term trend, but exhibit periodic variations in
phase with the orbit local time. Amplitudes of the offset
variations are generally smaller than 0.5 nT. Regarding
the sensor stability, variations are confined to angles of
0.001�, which correspond to 3.6 arc s. For these six param-
eters the in-flight calibration confirms the high stability of
the FGM instrument on CHAMP. The synchronization of
the deduced variations with the orbital local time suggests
that other, not corrected perturbations of the measure-
ments leak into these parameters. However, this does not
affect the validity of the final data.
Summary
Here, we concentrate primarily, but not exclusively, on
geomagnetic instruments and techniques used in
a magnetic observatory settings or in a near-Earth mag-
netic observation. We have briefly described the basic
instruments, their mode of operation, their relative and/
or absolute accuracy, and the related sources of error. Cur-
rently, the magnetometry is a mature discipline, so some-
thing equivalent to the invention of the proton
magnetometer would not be achieved very soon. It is more
likely that some instrumental advances will be made
toward the aim to stabilize vector magnetometers.
Advances will be made in power reduction, data storage,
and telemetry with the goals of increased automation and
cutting costs. The coming age of the automated absolute
instruments makes it possible to consider once again the
possibility of a true underwater observatory.

The future needs of the scientific and commercial users
will include ground- and space-based measurements.
Increasing resolution and timing accuracy will be crucial.
However, to achieve these requirements will demand
more efforts from instrument makers and spacecraft
designers.

The Earth’s magnetic field will remain under observa-
tion with the ESA’s forthcoming Swarm mission (Friis-
Christensen et al., 2009). Three satellites will be launched
in 2011 and will measure the magnetic field and its varia-
tions far more accurately than ever before. However,
a comprehensive separation and understanding of the
internal and external processes contributing to the Earth’s
magnetic fields is possible only by joint analysis of
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satellite and ground-based data, with all difficulties arising
in combining such different datasets. Continuous space-
borne and ground-based monitoring of the magnetic field
aims to address such needs.
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Introduction: The discovery of geomagnetic
reversals
Bernard Brunhes (1906) was the first to measure magneti-
zation directions in rocks that were approximately antipar-
allel to the present Earth’s field. Brunhes (1906) recorded
magnetizations in baked sedimentary rocks that were
aligned with reverse magnetization directions in overlying
Miocene lavas from central France (Puy de Dome). In so
doing, Brunhes (1906) made first use of a field test for pri-
mary thermal remanent magnetization (TRM) that is now
referred to as the “baked contact” test. Matuyama (1929)
was the first to attribute reverse magnetizations in (volca-
nic) rocks from Japan and China to reversal of geomag-
netic polarity, and to differentiate mainly Pleistocene
lavas from mainly Pliocene lavas based on the polarity
of the magnetization. In this respect, Matuyama (1929)
was the first person to use the sequence of geomagnetic
reversals as a means of ordering rock sequences.

The reality of geomagnetic reversals was then progres-
sively established with the studies of Hospers (1951,
1953) in Iceland, and Roche (1950, 1951, 1956) in the
Massif Central of France. The work of Hospers on Icelan-
dic lavas was augmented by Rutten and Wensink (1960)
andWensink (1966) who subdivided Pliocene-Pleistocene
lavas in Iceland into three polarity zones from young to
old: N-R-N. Magnetic remanence measurements on basal-
tic lavas combined with K/Ar dating, pioneered by Cox
et al. (1963) and McDougall and Tarling (1963a, 1963b,
1964), resulted in the beginning of development of the
modern geomagnetic polarity timescale (GPTS). These
studies, and those that followed in the mid-1960s,
established that rocks of the same age carry the same mag-
netization polarity, at least for the last few million years.
The basalt sampling sites were scattered over the globe.
Polarity zones were linked by their K/Ar ages, and were
usually not in stratigraphic superposition. Doell and Dal-
rymple (1966) designated the long intervals of geomag-
netic polarity of the last 5 Myrs as magnetic epochs, and
named them after pioneers of geomagnetism (Brunhes,
Matuyama, Gauss, and Gilbert).

Then, the discovery of marine magnetic anomalies con-
firmed seafloor spreading (Vine andMatthews, 1963), and
the GPTS was extended to older times (Vine, 1966;
Heirtzler et al., 1968; Lowrie and Alvarez, 1981). Since
then, the succession of polarity intervals has been exten-
sively studied and used to construct magnetostratigraphic
timescales linking biostratigraphies, isotope stratigra-
phies, and absolute ages (see Opdyke and Channell,
1996,“Magnetic stratigraphy”, for a review).
The geomagnetic polarity timescale
The fit of the land-derived polarity timescale, from paleo-
magnetic and K/Ar studies of exposed basalts, with the
polarity record emerging frommarine magnetic anomalies
(MMA) (Vine and Matthews, 1963; Vine, 1966; Pitman
and Heirtzler, 1966; Heirtzler et al., 1968) resulted in
a convincing argument for synchronous global geomag-
netic polarity reversals, thereby attributing them to the
main axial dipole. This intense research effort has culmi-
nated with the work of Cande and Kent (1995) based on
the Marine Magnetic Anomalies record, using the South
Atlantic as the fundamental template with inserts from
faster spreading centers in the Indian and Pacific oceans.
Cande and Kent (1995) adopted the astrochronological
age estimates for the Pliocene-Pleistocene polarity rever-
sals and fixed the age tie-point at the Cretaceous-Tertiary
boundary at 65 Ma (Figure 1).
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The changing frequency over time and the
duration of geomagnetic reversals
Examination of the geomagnetic polarity timescale
reveals some of the major characteristics of geomagnetic
reversals. First, a clear characteristic is the widely different
duration of periods of stable polarity separating geomag-
netic reversals. Long periods of time during which there
were no reversals have been clearly identified, such as
the Cretaceous Long Normal Chron (also called the Creta-
ceous Superchron, about 118–183 million years ago) or
the Kiaman Superchron, which lasted approximately from
the late Carboniferous to the end of the Permian.

The frequency of reversals decreased prior to the Creta-
ceous Superchron, and slowly increased over the 80 mil-
lion years from the end of this Superchron to the present.
It has been suggested (Mazaud et al., 1983; Mazaud and
Laj, 1991) that in this last period the frequency does not
increase randomly but presents a dominant frequency
corresponding to a period of approximately 15 million
years. This suggestion has, however, been received with
some skepticism (McFadden, 1987). The most recent ana-
lyses seem to converge toward a nonstationary Poisson
process or at least a gamma process with k only slightly
greater than 1 (Lowrie and Kent, 2004).

Another characteristic, revealed from the very begin-
ning by the studies of reversals, is that the Earth’s mag-
netic field strength drops to low levels during polarity
reversals. There has been some debate on whether this
drop is symmetrical or not on each side of the reversal.
Valet and Meynadier (1993) suggested that the dipole
intensity slowly decreases over a long period of time pre-
ceding a reversal and rapidly increases immediately after
(the so-called sawtooth hypothesis). These authors also
suggested that there is a positive correlation between the
magnitude of the increase in intensity and the length of
the subsequent polarity interval.

The sawtooth pattern, however, is not present in many
sedimentary records (Tauxe and Shackleton, 1994; Tauxe
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and Hartl, 1997; Laj et al., 1996; Channell and Kleiven,
2000; Channell et al., 2009). Interpretations of the saw-
tooth pattern, other than true geomagnetic behavior, have
been given, either assuming sedimentary postdepositional
artifacts (Mazaud, 1996) or the presence of a cumulative
viscous component not removed by alternating field
demagnetization (Kok and Tauxe, 1996a, b). Moreover,
McFadden and Merrill (1998) have strongly questioned
the suggestion that the duration of polarity intervals
could be determined by the amplitude of the field recovery
after the reversal. The fast recovery of the field intensity
after the reversal does not appear either in a recent recon-
struction of the Brunhes–Matuyama transition, based on
four independent records, where the pre- and post-
transitional intensity records appear symmetric about the
reversal (Leonhardt and Fabian, 2007). In summary, the
experimental evidence for the sawtooth hypothesis is
controversial.

Also clearly apparent from the geomagnetic polarity
timescale is the extremely short duration of polarity rever-
sals compared to periods of stable polarity. The time it
takes for the reversal to happen has been roughly esti-
mated from the early works (Harrison and Somayajulu,
1966; Cox et al., 1963, 1964; Cox, 1969) to be between
103 and 104 years, with some estimates up to 28,000 years.
In a recent article, Clement (2004) presents an analysis of
available sedimentary records and shows that these
records yield an average estimate of 7,000 years for the
duration of a reversal. Moreover, the duration varies with
site latitude, with a shorter duration observed at low-
latitude sites. This short duration has been one of the most
delicate factors to overcome in studying the detailed struc-
ture of reversals.
The morphology of geomagnetic reversals
Because of its importance to dynamo theory, the morphol-
ogy of the geomagnetic field during reversals and whether
or not it displays statistical asymmetries has been a subject
of continuous research for many years. Records of geo-
magnetic field changes during a polarity transition have,
however, been difficult to obtain, not only because of their
short durationmentioned above, but also because the mag-
netizations of the rocks is weak due to the low intensity of
the transitional field. It is only with the advent of sensitive
magnetometers that the number of published transitional
records has rapidly increased.

In probably the most famous of the early records,
Hillhouse and Cox (1976) showed that the Virtual Geo-
magnetic Pole (VGP) (The Virtual Geomagnetic Pole is
defined as the pole of the geocentered axial dipolar field
that would give the observed direction of the field at the
observation site. If the VGPs observed at several sites at
a given time coincide, then the field has a dipolar struc-
ture.) path for the Brunhes–Matuyama transition recorded
in sediments from Lake Tecopa (California) was different
from the one previously obtained by Niitsuma (1971)
from the Boso Peninsula in Japan, thereby providing evi-
dence that the transitional field is not dipolar. Although
in a more recent article Valet et al. (1988a) showed that
the AF demagnetization used by Hillhouse and Cox
(1976) did not completely remove a strong overprint, the
conclusion that the transitional field was not dipolar was
maintained.

Another famous record was obtained from a Miocene
lava sequence at the Steens Mountain (Mankinen et al.,
1985; Prévot et al., 1985). The record displays several
phases with large swings, one of which occurring at the
extremely rapid rate of 50� 21� per year, while the inten-
sity change was 6,700 � 2,700 mT per year, about 10–50
times larger than the maximum rate of change observed
for the non-dipole field in historical records. These amaz-
ing rates of change are still a matter of discussion among
geophysicists.

Other transitional records were obtained from
lava sequences in French Polynesia (Roperch and
Chauvin, 1987; Roperch and Duncan, 1990; Chauvin
et al., 1990). These records appear to indicate that
a zonal field dominates the beginning of the transition,
then non-dipolar terms emerge without any preferred axi-
symmetry, consistent with an earlier suggestion by Hoff-
man (1982).

Transitional records from sequences of relatively high
accumulation rate marls in Western Crete (Greece), were
reported in a series of papers by Valet and Laj (1981,
1984) and by Valet et al. (1983, 1986, 1988b). The results
from multiple records indicated that the reversal process
observed for four sequential transitions remained
unchanged for about 1.3 Ma. In one record, obtained from
a particularly high sedimentation rate section, fast direc-
tional fluctuations, reminiscent of the Steens Mountain
record, were observed whose amplitude significantly
increases during the transition. Slight smoothing of the
data reveals that almost periodic fluctuations occurred on
a longer timescale during the transition (Valet et al., 1986).

Two landmark papers were published almost simulta-
neously and independently in 1991. Clement (1991)
examined records of the Brunhes–Matuyama transition
obtained from the northern, equatorial, and southern lati-
tudes in the Atlantic sector. The VGP paths from the
mid-latitudes in the northern and southern hemispheres
are nearly coincident and extend over the Americas. Paths
from the equatorial site track almost antipodal to the other
paths. These results suggest that during the reversal VGPs
tend to fall along two longitudinal bands.

From a compilation of all the available sedimentary
records from several sites and spanning about 12 million
years, Laj et al. (1991) suggested that reversals and excur-
sions exhibit geometric regularity: the VGP paths of these
transitions tend to fall along either American or Asian-
Australian longitudes, that is, the same as for the
Brunhes–Matuyama reversal (Figure 2). As remarked by
the authors a persistent geometry over 12 Ma has impor-
tant geomagnetic consequences : since the duration



Geomagnetic Field, Polarity Reversals, Figure 2 The compilation of sedimentary records for the last 12 My (Laj et al., 1991)
indicating the existence of preferred longitudinal bands for transitional VGPs. The blue shaded zones are characterized by fast seismic
velocities in the lower mantle.

GEOMAGNETIC FIELD, POLARITY REVERSALS 389
between transitions is longer than both the core’s convec-
tive and magnetic diffusion timescales, the most plausible
mechanism by which the core could retain a memory of
previous transitions, particularly preferred longitudinal
bands, is through some form of core-mantle coupling.
This argument was reinforced by Laj et al. (1991) who
noted the apparent correlation between preferred longi-
tudes and lower mantle seismic velocity variations, possi-
bly arising from thermal heterogeneities.

The suggestion of preferred longitudinal bands for
transitional VGPs has, however, been met with some
skepticism, some authors questioning the adequacy of
the geographical distribution of the sites (Valet et al.,
1992), or the reliability of transitional records from sedi-
ments (Langereis et al., 1992; Barton and McFadden,
1996). Statistical analyses of the distribution of path have
not given a clear answer (Weeks et al., 1992; McFadden
et al., 1993; Quidelleur and Valet, 1994). An initial analy-
sis of transitional records from lavas (which are devoid of
many of the problems of sedimentary magnetizations)
appeared to indicate that transitional VGPs are statistically
axi-symmetric (Prévot and Camps, 1993). However, a
more recent analysis by Love (1998, 2000) using a math-
ematical approach in which the records are normalized
taking into account differences in recording density of
the paleomagnetic directions, has concluded that the volca-
nic transitional VGPs indeed show a significant tendency
to fall along American and Asian-Australian longitudes,
consistent with the sedimentary data. The existence of pre-
ferred longitudinal bands for transitional VGPs must,
therefore, be considered as a realistic suggestion.

Alongside with the observations of records of geomag-
netic reversals, phenomenological models have been
developed to account for at least the main characteristics
of the records. As early as 1976, Hillhouse and Cox
(1976) suggested that if the usual non-dipole drift
remained unchanged during the reversal, then one should
observe large longitudinal swings in the reversal PGV
paths. As this was not observed, these authors proposed
that an invariant component dominates the field when
the usual dipole has vanished (the so-called standing field
hypothesis). Subsequently, Hoffman and Fuller (1978)
and Hoffman (1979) proposed a model in which reversals
originate in particular regions of the core and progres-
sively extend to other regions (the so-called flooding
model). None of these models was, however, capable of
predicting VGP paths from particular sites on the Earth.

A significant step forward has been made recently, with
the development by Leonhardt and Fabian (2007) of
a Bayesian inversion method devised to reconstruct the
spherical harmonic contents of the geomagnetic field dur-
ing a reversal from paleomagnetic data. The validity of
this inversion technique is proven, in particular, by itera-
tively combining four geographically distributed high
quality paleomagnetic records of the Brunhes–Matuyama
reversal into a single scenario without assuming an a priori
common age model. The obtained results successfully
describe most independent Brunhes–Matuyama transi-
tional records.

Leonhardt and Fabian (2007) were able to discuss
many questions about the transitional field, which had
been controversially discussed (see, e.g., Merrill et al.
(1996)) so far: primarily the question of contribution of
dipole versus non-dipole fields during the reversal pro-
cess. The results of their modeling indicates a strong
increase of non-dipolar energy a few kyrs before the rever-
sal. The non-dipole energy prevails on the dipole some
5 kyrs before the dipole minimum, after which both the
non-dipole and dipolar energies decrease. Following
the minimum in dipolar energy, the non-dipolar energy
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drops further, while the dipolar energy increases first
sharply then progressively recovers (Figure 3a). The
model also shows that, during the reversal, the inverse flux
penetrates the tangent cylinder (the imaginary cylinder
aligned with the Earth’s rotation axis and tangent to the
inner core).

Dynamo mechanisms and reversals
For many years, scientific opinion has been divided on
what causes geomagnetic reversals. Initial suggestions
have been made that geomagnetic reversals are not due
to spontaneous processes in the Earth’s dynamo, but rather
that they are triggered by external factors (such as arrival
of continental slabs near the core-mantle boundary as
a result of plate tectonics, or even mantle-core shear forces
linked to external impacts).

Today, most geophysicists believe that reversals are
inherent aspects of the dynamo, which generates the geo-
magnetic field. Recent developments in numerical
dynamo models, which take advantage of modern super-
computers, and also an experiment with a laboratory
dynamo, point strongly that this is the only sustainable
mechanism. In these models the equations describing the
time-dependent thermal, compositional, velocity and
magnetic field are solved simultaneously in the three-
dimensional spherical geometry appropriate to the core.
There is no a priori prescription for reversals, so, if they
happen, they are an intrinsic property of the mechanisms
of the geodynamo.

The first of these numerical models aiming to simulate
Earth-like characteristics was published by Glatzmaier
and Roberts (1995). This three-dimensional, self-
consistent model was able to maintain a magnetic field
for over 40,000 years. The model, considers a finitely
conducting solid inner core, in agreement with findings
by Hollerbach and Jones (1993) that a solid inner core
tends to stabilize the geodynamo. Over the period of
40,000 year the model undergoes several polarity excur-
sions and finally a reversal is observed. The model, there-
fore, shares some similarities with real reversals of the
geomagnetic field, and therefore may provide insight into
the mechanisms of geomagnetic reversals.

In this respect, Glatzmaier et al. (1999) and Coe et al.
(2000) have run numerical simulations of the
Glatzmaier–Roberts dynamo using a variety of thermal
boundary conditions. The model displays a range of
behavior that resembles records of real reversals of the
Earth’s magnetic field. Reversals occurred during both
the homogeneous and tomographic simulation (in this last
case the heat flux at the Core-Mantle Boundary is pat-
terned after a seismic velocity model from tomographic
investigation of the lower mantle). All reversals appear
spontaneously, with no external triggering required. The
tomographic model of Glatzmaier et al. (1999) also
appears to offer some support for the hypothesis that
VGPs during reversals correlate with areas of higher than
average heat flux.

The question of how well the geodynamo model repre-
sents the Earth’s field is of course fundamental. Indeed, if
the Earth’s values for the radius and the rotation of the core
are used, then, owing to computation limitations, viscous
diffusivity values at least three to four orders of magnitude
larger than those of the Earth must be used. So, while some
modelers have argued that the field produced by models
should be fairly realistic, other modelers are less confident
that the results can be directly extrapolated to the Earth,
even at the large scales. In the author’s opinion, numerical
models have very largely improved our understanding of
the mechanisms inherent to the production of the Earth’s
magnetic field.

Finally, a benchmark experiment showing how mag-
netic field reversals can be generated without any external
triggering in a turbulent conducting field has been
obtained recently in a laboratory environment, the so-
called VKS experiment (this acronym stands for Von
Karman Sodium) (Berhanu et al. (2007)). In 2000 experi-
ments in Riga (Gailitis et al., 2001) and Karlsruhe
(Stieglitz and Müller, 2001) showed that fluid dynamo
could be generated by fluid sodium flows, when
a favorable geometry is imposed to the flow. In the more
recent VKS experiment, a turbulent flow is produced in
a copper cylinder filled with liquid sodium whose flow
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is created by two counter-rotating impellers. When the
speed of the impellers exceeds a critical value, the flow
spontaneously generates a magnetic field that is self-
sustained by the flow itself. This field undergoes large
fluctuations, originating from the high level of turbulence.
The most spectacular result was observed when the two
impellers were counter-rotated at different speeds: in this
case the temporal evolution of the field is characterized
by a series of erratic reversals of polarity. These reveal
remarkable similarities with the Earth’s magnetic field,
in the sense that the duration of the transitions is very short
compared to the periods of stable polarity. In addition,
excursions are also present, during which the field decays
to very low values before growing again without a change
in polarity (Figure 4). Although similarity to the Earth’s
magnetic field should not be overstressed, this laboratory
experiment clearly shows that reversals can appear sponta-
neously, as a consequence of the complexity of the fluid
flow, without any necessity for an external triggering.

Outlook: The future of geomagnetic reversals
The geomagnetic dipole has decreased in recent historical
times at a rate of 5% per century, which is about 10–12
times the rate of free Ohmic decay of the geomagnetic
dipole field in the core. Additional evidence for this rapid
decrease is the poleward migration of large patches of
reverse magnetic field at the core-mantle boundary that
have largely contributed to the historical dipole field drop
(Olson and Amit, 2006). Therefore, this is a very rapid
change for the geodynamo, which has led to speculations
about the possibility of an impending field reversal
(Constable and Korte (2006); Olson and Amit (2006)).
Because an intensity drop is also associated with excur-
sions this second possibility should also be considered.

The inverse model of Leonhardt and Fabian (2007)
may allow to have a deeper insight on this scenario.
Indeed, when applied to the study of the Laschamp excur-
sion (Leonhardt et al., 2009) the model indicates that both
dipolar and non-dipolar energies at the Earth’s surface
decrease at approximately the same time with similar
rates. The dipolar energy reaches its minimum slightly
later than the non-dipolar energy. Then, for a brief interval
the non-dipolar energy prevails, contrary to the Brunhes–
Matuyama reversal discussed above where the non-dipole
energy prevails on the dipole some 5 kyrs before the
dipole minimum, after which both the non-dipole and
dipolar energies decrease (Figure 3b). The time evolution
of the dipole versus non-dipole fields is different for
a reversal or an excursion and could, therefore, be an indi-
cator for an incoming reversal or excursion.

At present, however, the non-dipole field energy is
about one order of magnitude smaller than the dipolar
term. This latter is still larger than the dipole energy calcu-
lated before either a reversal or an excursion using the
Leonhardt and Fabian approach. So despite the decreasing
trend of dipole energy, there is no indication in the present
field that would point toward either type of instability.
Together with Olson and Amit (2006), Leonhardt et al.
(2009) therefore consider that it is not justified to consider
the present decrease in dipole energy and an indication of
an imminent reversal. We will have to wait some more
time to know whether we are heading toward a reversal,
an excursion, or whether we are simply undergoing an
intensity fluctuation.
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Geomagnetic field: secular variation
The geomagnetic field observed at and above the Earth’s
surface varies on a broad range of timescales, from less
than seconds to millions of years. In general, fast varia-
tions with periods less than a year originate from sources
external to the Earth. Secular variation is the continuous
variation of the geomagnetic core field, associated to
changes of fluid flow in the outer core (e.g., Wardinski,
2007). The name originates from the Latin “seculum,”
referring to a time interval of about a century. Secular var-
iation describes the velocity of field change or the first
temporal derivative of a time series of field observations.

Secular variation consists of mostly non-periodic, non-
predictable field changes. The high-frequency end of the
temporal secular variation spectrum is not well-under-
stood. Very rapid variations that might occur in the core
are damped and filtered out when passing through the
mantle before being observed. The fastest known secular
variation features, namely, geomagnetic jerks and rapid
fluctuations, occur on timescales on the order of one year
(Mandea and Olsen, 2009). It is difficult to discriminate
between internal and external variations in observational
data on these timescales. Long-term external field
changes, e.g., the approximately 11-year sunspot cycle,
are also reflected in the measured time series. Secular var-
iation on several thousands to million year timescales
includes excursions and complete polarity reversals of
the geomagnetic core field.

Geomagnetic secular variation is not globally uniform.
The geomagnetic dipole moment, a measure of the overall
global field strength, has been decreasing at the rate of 5%
per century since the beginning of systematic magnetic
field intensity observations around 1840. The present spa-
tial distribution of intensity secular variation is character-
ized by a large area of intensity decrease with two foci
over North America and the southern Atlantic – south
American region, and a smaller focus of intensity increase
over the Indian Ocean (e.g., Lühr et al., 2009). Historical
and paleomagnetic data indicate that secular variation
has always been weak in the Pacific compared to the
Atlantic hemisphere, which might be a consequence of lat-
eral variations in lower mantle temperature (Gubbins and
Gibbons, 2004).
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Definition
Geomagnetic field. Nearly dipolar magnetic field emerg-
ing from the Earth’s interior.
Dynamo process. Conversion of kinetic energy of motions
into magnetic energy.
Geodynamo. Dynamo process operating in the Earth’s
liquid outer core.

Introduction
The forces exerted by magnetized rocks or lodestones
have been known to mankind for many centuries before
Christ, but the directivity of the lodestone appears to have
been first observed by the Chinese in the first century B.C.
It is known that at this time Chinese geomancers used
a freely turnable spoon-like lodestone on a polished plate
as a compass, not for navigational purposes, but probably
for aligning tombs and houses. As navigational instrument
the compass was introduced to European sailors by arabic
merchants in the twelfth century A.C. A first systematic
experimental study of the forces exerted by lodestones
was published by Petrus Peregrinus in 1269. Some of his
results are shown in Figure 1a. More refined experiments
were carried out and described in his book De Magnete
by William Gilbert (1600). He concludes that the Earth
itself is a magnet like a lodestone.

In 1839 Carl-Friedrich Gauss introduced the represen-
tation in terms of spherical harmonics for the observed
geomagnetic field. Through this representation it became
possible to separate the magnetic fields of internal and
external origin. The latter, being much smaller than the
former and much more variable in time, is caused by ion-
ospheric and magnetospheric currents. Only during mag-
netic storms can the externally generated magnetic field
reach a significant fraction of the total strength of the



Geomagnetic Field, Theory, Figure 1 Lodestone experiments of Petrus Peregrinus. (a) Experiments showing the attracting and
repelling forces of a broken piece of lodestone. Upper configuration: “naturale,” lower configuration: “non naturale.” (b) A simple
compass in the form of afloating lodestone. (After Stefani et al., 2008).
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Earth’s magnetic field (see Magnetic Storms and Electro-
magnetic Pulsations). Together with Alexander von Hum-
boldt Gauss founded in 1836 the Göttinger Magnetischer
Verein (Göttingen Magnetic Union) in order to create
a worldwide network of observatories for the measure-
ment of the magnetic field and its variations in time. Since
that time the knowledge about the geomagnetic field and
its time dependence has improved continuously (see Geo-
magnetic Field, Global Pattern).

The idea that the geomagnetic field originates from the
ferromagnetism of the Earth’s interior prevailed until the
end of the nineteenth century even though the phenome-
non of secular variation – known since the seventeenth
century – was difficult to reconcile with the hypothesis
of remanent magnetism. In early years of the twentieth
century it became clear that the Curie temperature of ferro-
magnetic material is exceeded within the entire Earth
except for the uppermost few tens of kilometers and that
the magnetization of the Earth’s crust is far to weak to
act as a source of geomagnetism. Numerous other hypoth-
eses have been proposed as origin of geomagnetism and
rejected (Rikitake, 1966) except for the dynamo hypothe-
sis. In the meantime magnetic fields had been observed on
the sun and in 1919 Larmor proposed the dynamo mecha-
nism for the origin of the magnetic field of sunspots.

According to the dynamo hypothesis motions within
the outer liquid-iron core of the Earth can amplify
a magnetic field from arbitrarily small amplitudes and
sustain it at the observed finite strength against Ohmic dis-
sipation. The feasibility of this mechanism in a simply
connected region of nearly uniform electrical conductivity
appeared to be doubtful for a long time, and the dynamo
hypothesis experienced a setback when Cowling (1934)
demonstrated that axisymmetric magnetic fields cannot
be generated by the dynamo mechanism. Since the geo-
magnetic field is axisymmetric in first approximation,
Cowling’s theorem stimulated the search for alternative
mechanisms. It was not until the late 1950s that Backus
(1958) and Herzenberg (1958) demonstrated indepen-
dently that dynamos are indeed possible in spheres of
uniform conductivity.

Since that time dynamo theory has developed rapidly
and it has become generally accepted that a geodynamo
operates in the liquid outer core of the Earth. While in
the 1960s and 1970s of the past century analytical models
of the geodynamo have prevailed, the strong growth of
computer capacities in recent decades has permitted
numerical simulations with ever increasing details of con-
vection driven dynamos in Earth’s core-like rotating
spherical shells. The principles of the dynamo process in
such an environment are now reasonably well understood.
The remaining uncertainties are caused by an insufficient
knowledge of conditions in the Earth’s core and lower
mantle and the inability to model the dynamo process
under the highly turbulent conditions of flow in the outer
core.

Before outlining the concepts of dynamo theory we
briefly mention the role of the crustal magnetic field which
originates from ferromagnetic remanence of material
below its Curie temperature in the lithosphere. When the
observed magnetic field is represented in terms of spheri-
cal harmonics (see Geomagnetic Field, IGRF) it is found
that crustal contributions dominate in coefficients of the
degree 14 and higher. The crustal contributions to coeffi-
cients of lower degrees are still substantial, of course,
but they do not exceed those originating from the core in
general (see Magnetic, Global Anomaly Map). Crustal
magnetic fields are often correlated with geological fea-
tures and may indicate iron ore deposits such as the
famous Kursk formation in the Ukraine. Other important
crustal magnetic features are the magnetic stripes of the
ocean floors extending parallel to the mid-oceanic ridges
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which represent the most convincing evidence for the
concept of plate tectonics (see Magnetic Anomalies,
Interpretation).

The following sections are devoted to the dynamo
theory of geomagnetism and its applications to the Earth’s
core. The current state of numerical models of the
geodynamowill be described under the title Core dynamo.
B

r0

Ω

J

Geomagnetic Field, Theory, Figure 2 The disk dynamo.
Kinematic dynamo theory
The simplest description of a dynamo is obtained for
a fixed velocity field, i.e., when the feedback of the gener-
ated magnetic field on the flow through the action of the
Lorentz force is neglected. A single equation of magnetic
induction describing the time dependence of the magnetic
flux density~B can be derived fromMaxwell’s equations in
the magnetohydrodynamic approximation, in which the
displacement current is neglected, and from Ohm’s law
which are given by

H �~B ¼ 0;
@~B
@t

¼ H�~E; H�~B ¼ m~j;

~j ¼ sð~E þ~v�~BÞ
(1)

where~B is the magnetic flux density,~E is the electric field
and~j is the current density. s; m and~v denote the electrical
conductivity, the magnetic permeability and the velocity
vector, respectively. Ohm’s law has been written in the
form valid for a moving conductor. Accordingly Equa-
tion 1 are invariant with respect to a Galilei transforma-
tion; in other words, the same Equations 1 hold in
a system moving with constant velocity ~V with respect
to the original system of reference when~v, ~E and ~B obey
the relationships

~v 0 ¼~v� ~V ; ~B0 ¼ ~B; ~E0 ¼ ~E þ ~V �~B (2)

where the primed quantities refer to the new system. It is
convenient to eliminate ~E and~j from Equations 1 and to
write

@~B
@t

¼ H� ðlH�~BÞ ¼ H� ð~v�~BÞ (3)

where l � 1=ðmsÞ is the magnetic diffusivity. Because of
the absence of ferromagnetic effects in the Earth’s core,
the permeability is usually replaced by the permeability
of the vacuum. From the form of Equation 3 it is obvious
that H �~B ¼ 0 remains satisfied if this equation is satisfied
by the initial conditions. It is remarkable that Equation 3 is
not only invariant with respect to Galileo transformations
and thus compatible with the Navier–Stokes equations of
motion, but is also invariant with respect to a transforma-
tion to a rotating system.

Since the Earth’s outer core can be regarded as an
incompressible fluid in first approximation, Equation 3
can be simplified further by the use of equations
H �~v ¼ 0;H �~B ¼ 0,
@

@t
þ~v � H


 �
~B� lH2~B ¼ ~B � H~v; (4)

where for simplicity l ¼ const. has been assumed. This
form of the equation of induction is revealing since it
resembles the heat equation with the term ~B � H~v on the
right hand side assuming the role of a heat source. This
term tends to strengthen the magnetic field when a fluid
particle is stretched in the direction of the local magnetic
field line. Such an interpretation is especially useful for
the dynamo problem. In order that a magnetic field ~B
may grow, the term on the right hand side of Equation 4
must overcome the effect of the magnetic diffusion term
on the left hand side. Using a typical velocity U and
a typical length scale d, the ratio of the two terms can be
described by the magnetic Reynolds number Rm,

Rm � Ud=l: (5)

Only when Rm is of the order of 1 or larger may grow-

ing magnetic fields become possible. Necessary condi-
tions of this kind for a dynamo have been derived
rigorously by Backus and Childress for a fluid sphere of
constant magnetic diffusivity,

Rm � Uro=l > p; (6)

where ro is the radius of the sphere. In Childress’s formu-
lation U refers to the maximum velocity, whereas in
Backus’s formulationU=pro is the maximum rate of strain
of the velocity field.

The simplest dynamo is the disk dynamo originally
invented by Faraday and shown in Figure 2. A metal disk
is rotating about its axis with the angular velocityO. When
the disk is permeated by an initial magnetic field ~B0
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parallel to the axis, an electromotive force Ue is generated
between axis and rim of the disk,

Ue ¼ O
Z r0

r1

~B0 rdr (7)

where r1 and r0 denote the radii of axis and disk. The
electromotive forceUe can be used to drive an electric cur-
rent J through the circuit indicated in the figure. Denoting
by L and R the inductivity and the ohmic resistance of the
circuit we obtain for the current J the equation

L
dJ
dt

þ RJ ¼ Ue (8)

The current J flowing through the circuit is assoc-

iated with a magnetic field ~B1 which may replace the ini-
tial field ~B0 . The integral 2p

R r0
r1

~B1 dr=J describes the
mutual inductivityM between circuit and disk. Equation 8
for the self-excited disk dynamo can thus be written in the
form

L
dJ
dt

¼ ðOM=2p� RÞJ (9)

which allows for exponentially growing solutions once
the dynamo condition

O > 2pR=M (10)

is satisfied. The exponential growth will be modified, of
course, as soon as the Lorentz force~j�~B in the disk has
grown sufficiently to affect the angular velocity O.
A larger torque will then be needed to sustain the rotation
speed.

The disk dynamo is an inhomogeneous dynamo since it
depends on an inhomogeneous, multiply connected distri-
bution of electrical conductivity as given by the wiring of
the circuit. The dynamo would not work if the sense of
wiring around the axis would be opposite to that shown
in the figure or if it would be immersed in a highly
conducting fluid. In this respect the disk dynamo differs
from the homogeneous dynamo operating in the Earth’s
core in a singly connected finite domain of essentially
homogeneous electrical conductivity. Velocity fields
required for driving a homogeneous dynamo are necessar-
ily more complex than the simple rotation velocity of the
disk dynamo. It can even be proven that a simple form
of motion, such as that of the disk dynamo, cannot drive
a dynamo in a sphere if l is a function of only the radial
coordinate. More generally, the toroidal theorem states
that growing solutions of Equation 3 do not exist if~v and
l can be written in the form

~v ¼ HC�~r; l ¼ lðj~rjÞ: (11)

Inspite of their differences homogeneous dynamos and

the disk dynamo share a number of properties:

(i) For given external parameters there exists always
a solution without magnetic field besides the dynamo
solution, just as the disk of Figure 2 can rotate with
O > Oc in the absence of any initial field ~B0 .

(ii) The existence of a dynamo solution requires that the
magnetic Reynolds number Rm exceeds a critical
value Rmc which corresponds to the quantity
OM=R in the case of the disk dynamo. The
nonmagnetic solution exists, but it is unstable for
Rm > Rmc:

(iii) Magnetohydrodynamic dynamos always occur in
two forms which are identical except for the sign of
the magnetic field ~B. This property reflects the fact
the Lorentz force is given by an expression that is
quadratic in~B.

Property (iii) is the basic reason that the geomagnetic
field has often switched its polarity in the geologic past.
These “reversals” have occurred nearly randomly about
every 200,000 years in the time average. In contrast, the
solar magnetic field reverses every 11 years in a surpris-
ingly periodic fashion.

For the description of magnetic fields associated with
a spherical system one often uses the general representa-
tion for a solenoidal vector field,

~B ¼ H� ðHh�~rÞ þ Hg �~r (12)

in terms of a poloidal and a toroidal component each of
which is decribed by a scalar function, the poloidal
function h and the toroidal function g. Without loss of gen-
erality the averages of h and g over surfaces rj j ¼ const:
can be assumed to vanish. A homogeneous dynamo
usually requires the interaction of both components.
The functions h and g can be separated into their axisym-
metric parts �h and �g and nonaxisymmetric parts,
�h ¼ h� �h and �g ¼ g � �g. Because of Cowling’s theorem
the latter parts play an essential role in the dynamo pro-
cess. The component �g can easily be generated in
a spherical dynamo through a stretching of the axisymmet-
ric poloidal field by a differential rotation. This process
is known as the o-effect. But the amplification of �h
requires the interaction of the nonaxisymmetric
components of magnetic fields and velocity fields. This
is often called the a-effect. This latter effect can also be
used, of course, for the generation of �g in the absence of
a differential rotation. One thus distinguishes ao- and
a2-dynamos. These concepts were originally introduced
within the framework of mean-field magnetohydrody-
namics for which we refer to the book of Krause and
Raedler (1980).

Energetics of the geodynamo
For a prescribed stationary velocity field, Equation 3
admits solutions with an exponential time dependence,
of which the growing ones are called dynamos. As the
magnetic field grows, the action of the Lorentz force on
the velocity field can no longer be neglected. The work
done by the velocity field against the Lorentz force equals
the energy consumed by ohmic heating. Thus, the



Geomagnetic Field, Theory, Table 1 Properties of the liquid
outer core of the Earth

Property Symbol Value Unit

Angular velocity of
rotation

O 7:27 � 10�5 s�1

Mean outer radius ro 3485� 3 km
Mean inner radius ri 1225� 15 km
Density r 9:9� 12:2 103kg=m3

Coefficient of thermal
expansion

a 10�5 K�1

Thermal diffusivity k 5 � 10�6 m2=s
Magnetic diffusivity l 2 m2=s
Kinematic viscosity n 10�6 m2=s
Permeability of
vacuum

m0 4p � 10�7 H=m
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sustenance of a finite-amplitude magnetic field against
ohmic dissipation requires a source of mechanical energy.
A lower bound of about 108W on the ohmic heating in the
Earth’s core can be obtained by a calculation of the mini-
mum dissipation corresponding to the observed
geornagnetic field, while an upper bound of about 1013W
is given by the observed geothermal heat flux. A realistic
value is likely to be within the range 1011 to 1012W .

Numerous sources of energy for the geodynamo have
been considered in the history of dynamo theory. The
major ones that cannot be excluded right away are the pre-
cession of the Earth, thermal heat sources, and composi-
tional buoyancy. The latter source first proposed by
Braginsky in 1963 is probably the largest contributor,
since the turbulence induced by precession appears to be
marginal and since the Carnot efficiency of heat sources
is relatively low (Gubbins et al., 2004). Compositional
buoyancy is generated by the growing solid inner core.
Iron and perhaps nickel crystallize at the inner core-outer
core boundary while lighter elements stay in solution.
The decrease in density caused by the increase in the con-
centration of light elements provides a source of potential
energy that can drive convection in the outer core. Since
the outer core contains about 10% light elements by
weight, most likely silicon, sulfur and oxygen, the buoy-
ancy provided by this process appears to be more than ade-
quate to drive the geodynamo. The compositional
buoyancy mechanism has the advantage that it could
explain the apparent absence of a dynamo in the case of
Venus (Stevenson et al., 1983; Nimmo, 2002). Since
Venus resembles the Earth in most respects, the absence
of a measurable magnetic field has posed a puzzle. The
somewhat higher pressure at the Earth’s center and the
more efficient heat transport out of the planet because of
plate tectonics seem to have allowed the inner core to
form, whereas Venus will reach this stage of its thermal
history much later. Estimates for the age of formation of
the inner core of the Earth range from 1 to 2 b.y. Since evi-
dence for geomagnetism exist for earlier times in the
paleomagnetic record when the inner core had probably
not yet nucleated, thermal buoyancy generated by cooling
and possibly by radioactive elements is likely to have
played a role in driving the geodynamo in the Earth’s early
history. In this respect the Earth resembles the major
planets for which thermal buoyancy appears to be the only
viable source of energy to drive the planetary dynamo.

The way in which compositional buoyancy drives con-
vective motion in the outer core is not well understood. It
is even possible that the outer part of the outer core is sta-
bly stratified. Another peculiar property of the solidifica-
tion process at the inner core is the so-called mushy zone
in which liquid and solid phases coexist (see Earth’s
Structure, Core). But those details have little influence
on the theory of the geodynamo in its current state. Since
the form of motion in the outer core is primarily deter-
mined by Coriolis and Lorentz forces the theory of geo-
magnetism has proceeded without distinguishing much
between thermal and compositional buoyancy.
Some typical values of parameters used in the theory of
the geodynamo are given in Table 1.

Magnetohydrodynamic theory of the geodynamo
The theory of the geodynamo requires the inclusion of the
equations of motion for the rotating liquid core for several
reasons. First of all, constraints on the velocity fields used
in the dynamo equation are needed since rather arbitrary
velocity fields are capable of generating fields that resem-
ble the observed geomagnetic field. The velocity fields
driven by geophysically realistic forces share special prop-
erties, such as the approximate alignment of the vorticity
with the axis of rotation, that make them useful in the
interpretation of certain features of the observed magnetic
field. The second reason for including the equations of
motion stems from the necessity of taking into account
the Lorentz force without which an equilibrium amplitude
of the magnetic field cannot be determined. Thirdly, the
time dependence of the geomagnetic field can not be
understood without a detailed knowledge of the dynamics
of the velocity field in the core. The basic equations of
motion for the velocity vector~v, the heat equation for the
deviation Y from the static temperature distribution, and
the equation of induction for the magnetic flux density ~B
are usually written in the following form:

H �~v ¼ 0; H �~B ¼ 0; (13)

~
ð@t þ~v �HÞ~vþ 2Ok�~v

¼�Hpþ aYg~rþ nH2~vþ~B �H~B=rm;
(14)

2
@tYþ~u � HY ¼~v � HTs þ kH Y; (15)

2~ ~ ~ ~
lH B ¼ @tBþ~v � HB� B � H~v; (16)

where @t denotes the partial derivative with respect to time
t and where�g~r denotes the force of gravity. n is the kine-
matic viscosity,~k is the unit vector of the axis of rotation
and O is the angular velocity of rotation. The potential
temperature distribution Ts describes the difference
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Geomagnetic Field, Theory, Figure 3 Sketch of convection
columns in a rotating, internally heated sphere for Rayleigh
numbers close to the critical value.
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between the temperature distribution for the static solution
of the problem and the adiabatic temperature distribution
with the same temperature at the inner core boundary. As
mentioned before, Equation 15 remains essentially
unchanged if Ts and Y are interpreted a concentration of
light elements. In that case the coefficient of thermal
expansion a and the thermal diffusivity k just need to be
reinterpreted. All gradient terms in the equation of motion
have been combined into Hp. In writing Equations 13–16
we have assumed the Boussinesq approximation implying
constant material properties and a constant density R
except in the gravity term.

Using a dimensionless description the parameters of the
problem can be reduced to four dimensionless groups, the
Rayleigh number Ra, the Coriolis number t, the Prandtl
number Pr, and the magnetic Prandtl number Pm which
are defined by

Ra¼agDTd4

nk
; t¼2Od2

n
; Pr¼ n

k
; Pm¼ n

l
; (17)

where the thickness d of the spherical shell has been used
as length scale and DT is the difference of the potential
temperature between the inner core-outer core boundary
and the core-mantle boundary. Instead of the Coriolis
number often its inverse, the Ekman number E ¼ t�1, is
used. Since l=n is roughly 106 in the Earth’s core the main
sink of mechanical energy is ohmic dissipation and it is
generally believed that the term nH2~v is unimportant
except close to the rigid boundaries of the liquid core.
Moreover, the magnetostrophic approximation is often
applied in which the inertial term ð@t þ~v � HÞ~v is
neglected in comparison to the Coriolis force. Without
these terms the important Taylor constraint can be derived:
After integrating the azimuthal component of Equation 14
over a coaxial cylindrical surface in the liquid core, one
must conclude that an accelerating differential rotation
occurs unless the conditionZZ

½ðH�~BÞ �~B	jsdjdz ¼ 0 (18)

is satisfied for every distance s from the axis. In deriving
Equation 18 we used the fact that the inflow across the
cylindrical surface is balanced by the outflow with the
result that the contribution from the Coriolis force term
vanishes. Different strategies have been designed to
accommodate the Taylor constraint (Equation 18). In
Braginsky’s (1978) model Z the friction of the viscous
Ekman layer at the solid surface of the sphere provides
a balance on the right side of Equation 18. But this effect
is small such that the constraint of Equation 18 becomes
nearly satisfied by a poloidal field that is extended parallel
to the axis of rotation except for the region close to the
boundary.

In modern numerical simulations of convection driven
dynamos in rotating spherical shells the Taylor constraint
(Equation 18) is usually not approached because relatively
high values of the kinematic viscosity must be assumed
for numerical reasons and also because the inertial term
ð@t þ~v � HÞ~v plays a larger role than it possibly plays in
the geodynamo. Instead of an Earth-like ratio, values of
the order unity for l=n are used to ensure numerical con-
vergence. The high value of n is interpreted as an eddy vis-
cosity which is supposed to represent the dissipative
action of small scale components of the velocity field
which can not be resolved in the numerical simulations.

It is instructive to consider Equations 13–16 in the limit
of a vanishing magnetic field. In that case the dominant
terms are the Coriolis force and the pressure gradient, the
balance of which,

2O~k �~v ¼ �Hp (19)

is called the geostrophic balance. The curl of Equation 14
together withH �~v ¼ 0 gives rise to the Proudman–Taylor
theorem

O~k � H~v ¼ 0 (20)

which states that steady motion of a rotating inviscid fluid

must not depend on the coordinate in the direction of the
axis of rotation. Convection in a sphere requires, however,
a finite radial velocity component and therefore cannot
fully satisfy condition (20). As a result nonmagnetic solu-
tions of Eqs. (13–16) exhibit a time dependence in the
form of a drift in the prograde azimuthal direction. In addi-
tion they are characterized by small length scales in the
directions perpendicular to the axis of rotation whereby
viscous friction is increased. A sketch of the motion at
the onset of convection in a homogeneously heated sphere
is shown in Figure 3. For details on the dynamics of these
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convection columns and their dynamo action we refer to
the review article by Busse (2002).

Because of the small viscosity in the Earth’s core, the
Lorentz force offers a more effective release of the rota-
tional constraint expressed by condition (20) than does
viscous friction. The simplest approach to this problem
is to consider the onset of convection in the presence of
an azimuthal magnetic field of strength B0 (Fearn, 1979).
The analysis shows that the scale of the preferred mode
of convection increases dramatically as B0 is increased
and the critical value of the Rayleigh number and the drift
rate decrease. The dimensionless parameter governing this
effect is the Elsasser number

L ¼ B2
0

2Om0rl
(21)

which describes the ratio between Lorentz and Coriolis
forces. When the magnetic field becomes very strong such
that L exceeds unity it exerts an inhibiting influence on
convection. It turns out that the minimum Rayleigh num-
ber for the onset of convection is achieved for L � 1.
Eltayeb and Roberts suggested in 1970 that this condition
is likely to determine the equilibrium strength of the mag-
netic field inside the Earth’s core. While the condition
L � 1 appears to fit the amplitude of the geomagnetic
field reasonably well, numerical simulations of spherical
dynamos do not provide much support for such
a relationship. In fact, the dynamical effect of a magnetic
field generated by dynamo action is quite different from
that of an imposed magnetic field. In present geodynamo
models it does not seem to affect the scale of convection
significantly nor has it been found that it allows convec-
tion to exist at Rayleigh numbers below the critical value
for onset of convection in the absence of a magnetic field.

There is still no general agreement about the relation-
ship that governs the average strength of the magnetic
field reached in the dynamo process. But it appears likely
that the available energy for driving motions determines
the average strength of the magnetic field as has been pro-
posed by Christensen and Aubert (2006).

The velocity field displayed in Figure 3 is symmetric
with respect to the equatorial plane. Even in its turbulent
state the convection flow retains approximately this sym-
metry outside the tangent cylinder which touches the inner
core at its equator. Because of this symmetry the solutions
~B of Equations 13–16 can be separated into two classes:
a quadrupolar class that has the same symmetry with
respect to the equatorial plane as the velocity field, and
a dipolar class that exhibits the opposite symmetry. In both
cases the Lorentz force is compatible with the symmetry
of the velocity field. The observed geomagnetic field is
primarily a dipolar field and so are most of the other plan-
etary magnetic fields, but from a basic point of view
quadrupolar dynamos are not less likely. The more com-
plex structure of their poloidal field is balanced by the sim-
pler form of their zonal component. The latter is
symmetric with respect to the equatorial plane, where as
it is antisymmetric in the dipolar case. The observed-
geomagnetic field includes a substantial contribution from
quadrupolar terms which is not surprising, since the sym-
metry property exhibited in Figure 3 does not hold inside
the tangent cylinder. Moreover, the thermal conditions at
the core surface are not likely to be spherically homoge-
neous because of convection in the Earth’s mantle.

The solution of Equations 13–16 becomes much sim-
pler when the geometry of the spherical shell is replaced
by that of a cylindrical annulus with a height decreasing
with distance from the axis. An early analytical model
(Busse, 1975) demonstrates that the dynamo action of
convection columns such as those shown in Figure 3
depends on their helicity. The latter is defined as the azi-
muthal average over the vorticity multiplied by the
velocity vector,~v � ðH�~vÞ. The helicity is generated for
example in the columns through the suction exerted by
the Ekman layers at the upper and lower boundaries and
by the finite change in height of the columns with distance
from the axis. This helicity effect appears to dominate also
in modern numerical simulations of the geodynamo.
Time dependence of the geodynamo
From observations of the secular variation and from
the paleomagnetic evidence for reversals of the
direction of the geomagnetic field, it is clear that the
mechanism of the geodynamo is not steady. Since
a complete model of the geodynamo does not yet exist,
the various features that may lead to the observed time
dependence cannot be derived from basic mechanisms.
Thus, the theories of secular variation and of reversals rely
on simplifying assumptions (see Geomagnetic Field, Sec-
ular Variation; Geomagnetic Field, Polarity Reversals).
As simulations of the geodynamo become more refined,
however, the observed secular variation and the increasing
body of data on the process of excursions and reversals
will be important for discriminating between different
models of the geodynamo.

The time dependence of the nonaxisymmetric part of
the magnetic field is a result of the basic dynamics
discussed in the preceding section. Even without
a magnetic field, the convection motion exhibits a time
dependence in the form of a prograde or eastward drift at
slightly supercritical Rayleigh numbers, to which
a chaotic variability is added as convection becomes more
vigorous. In the presence of a magnetic field, this drift is
decreased substantially because the Lorentz force bal-
ances the ageostrophic part of the Coriolis force. The order
of magnitude of the drift corresponds roughly to the
observed westward drift of the nondipole part of the geo-
magnetic field. But since there is likely to be a zonal flow
of the liquid core relative to the mantle of a similar order of
magnitude, no direct comparison between theoretical and
observed drift rates can be made without further knowl-
edge about the velocity field in the core.

The geomagnetic time dependence of internal origin
with the shortest duration is known as “geomagnetic jerk.”
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This term refers to rather abrupt changes in the second
derivative with respect to time of the East-West compo-
nent of the geomagnetic field over the time span of
a year or so. Geomagnetic jerks are likely to be the result
of magnetohydrodynamic waves in the outer core
(Bloxham et al., 2002).

In contrast to the solar magnetic field, the geomagnetic
field does not reverse in nearly periodic intervals. The time
scale of reversals is an order of magnitude larger than the
time scale of about 2� 104 years for the diffusive decay
of Earth’s magnetic field. This may suggest the
geodynamo is basically a steady dynamo. Recent evidence
(Roberts, 2008) suggests, however, that geomagnetic
excursions, in which the dipole moment of the Earth
decreases to almost vanishing values for a time span of
the order of a 1,000 years, occur much more frequently
than reversals. No consensus about the origin of excur-
sions and reversals has yet been achieved.
Outlook
In the past 2 decades the dynamo theory of geomagnetism
has progressed enormously through increasing availabil-
ity of computer resources; see Core Dynamo. This devel-
opment will continue in the future with the main goal of
reaching higher (and thus more realistic) values of the
Coriolis number. Ultimately the lack of data on properties
of the Earth’s core and lower mantle will inhibit the pro-
gress in understanding the geodynamo.

For a more detailed exposition of the foundations
dynamo theory and the associated fluid dynamical con-
cepts, the reader is referred to the book edited by Dormy
and Soward (2007).
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Synonyms
Borehole geophysics
Definition
Borehole geophysics includes all methods that make con-
tinuous profiles or point measurements at discrete depth
stations in a borehole. These measurements are made by
lowering different types of probes into a borehole and by
electrically transmitting data in the form of either analog
or digital signals to the surface, where they are recorded
as a function of depth. The measurements are related to
the physical and chemical properties of the rocks sur-
rounding the borehole, the properties of the fluid saturat-
ing the pore spaces in the formation, the properties of
fluid in the borehole, the construction of the well, or some
combination of these factors.
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Introduction
The science of well logging was begun by Conrad
Schlumberger in 1927 as an application of his work on
resistivity measurements of the earth in surface explora-
tion (see Electrical Resistivity Surveys and Data Interpre-
tation). From the early measurement of electrical
properties by means of normal and lateral resistivity
curves, modern logging has progressed through such
changes as the introduction of wall-contacting micro-
spacing device, dipmeters, and conductive and inductive
techniques. Parameters other than electrical have been uti-
lized, such as radioactive properties of rocks both passive
and forced as a result of bombardment by both gamma
rays and neutrons; the measurement of acoustic properties,
the measurements of other rock properties and auxiliary
technique developments such as dielectric logging, tem-
perature log, downhole viewers, remote sensors (dipmeter
log, radar system, borehole gravimeter), etc.

The rapid advancement of well-logging techniques is
observed in the 1980s and 1990s with the motivation of
the petroleum industry to develop ever more cost-effective
technology to evaluate thin-bed and nonconventional res-
ervoirs. At the same time, geophysical technology also
advanced rapidly with development of new techniques
and improved mathematical methodology. The increased
use of array tool design (multiple sources and receivers)
provides improved vertical resolution, improved and mul-
tiple depths of investigations, and enables radial and
azimuthal imaging by resistivity tools. Cased-hole resistiv-
ity logging may be realized, what could not be possible
earlier. Acoustic-array designs, using either dipole or
quadrupole sources, can acquire high-quality shear wave
data in most types of reservoir rocks. A new generation
of nuclear magnetic resonance (NMR) tools using pulse-
echo technology provides an improvedmeasurement with-
out the operational restrictions of earlier tools. Nuclear
tools have been improved by the use of new high-density
gamma-ray detectors that allow higher logging speeds
and better repeatability and permit a slimhole, through-
tubing tool design. Renewed interest in neutron activation
methods has produced new tools based on oxygen and
silicon activation, like the pulsed-neutron source sensor.
Improvements to existing resistivity and nuclear measure-
ment-while-drilling (MWD) tools plus new caliper and
acoustic porosity devices and measurement at the bit,
ensure thatMWDwill continue to replace wireline logging
in many situations. High angle, horizontal, and slimhole
wells are now common as a result of advances in drilling
technology. Wireline and MWD logging have been
adapted for use in these wells; and new directionally
focused resistivity tools have been developed; logging on
coiled tubing is now routine. Improvements of downhole
microprocessor-based technology and high-speed digital
telemetry make possible the use of high data-rate array
and imaging tools as well as increased possibilities of com-
binations of different tool types. Concurrent improvements
in uphole computer processing combined with new
visualization techniques made possible by the advent of
powerful desktop computers enhance presentation and
interpretation of the data acquired with these tools.

A chronological listing of these developmental steps is
presented in literature (Johnson, 1962; Segesman, 1980;
Prensky, 1994). The applications for geophysical well-
logging methods continue to expand away from explora-
tion for natural resources (oil and gas, water, minerals,
geothermics) into the field of civil engineering, rock
mechanics, disaster prevention, and environmental
preservation. Information about recent and emerging
developments and trends in well-logging and rock-
characterization technology offer a lot of publications
from meetings of geophysical societies (proceedings)
and geophysical journals and books.

The main objective of borehole geophysics is to obtain
more information than can be obtained from conventional
drilling, sampling, and testing. Drilling a borehole or well
is expensive, but the borehole provides access to the sub-
surface for geophysical probes. The most obvious log is
a description of extracted cores, to provide information
of lithology, microfossils, permeability, porosity, and
fluids. These logs are used for geological correlation
between different wells across an oil field and for the
quantitative interpretation of the geophysical logs. The
ideal would be to obtain continuous core, but this is very
slow and thus expensive, therefore, it is done only for for-
mations of special interest, usually potential oil-producing
formations when they can be identified in advance. After
drilling, samples may be obtained by sidewall sampling.
Samples of fluids from surrounding rocks are also taken
with a formation tester. Borehole logs provide continuous
records that can be analyzed in real time at the well site.
Thus, they can be used to guide completion or testing pro-
cedures. Log data are readily reproduced over long
periods. Logs also aid the lateral and vertical extrapolation
of geologic and fluid sampling data or hydraulic test data
obtained from wells. In contrast, samples of rock or fluid
from a borehole provide data only from sampled depth
intervals and only after laboratory analysis. Data from
some geophysical logs, such as acoustic velocity and
resistivity, are also useful in interpreting surface geophys-
ical surveys.

The manner in which a well is drilled affects the log-
ging environment, through such factors as the resistivity
of the fluid in the well bore, the diameter of the well, the
roughness (rugosity) of the borehole wall, and the mud-
filtrate invasion of porous formations surrounding the
well. The thickness and composition of material between
a logging probe and the borehole wall can have an effect
on the data set. In general, the larger the borehole diame-
ter, the poorer the quality of the geophysical logs obtained.

Wellbore environment
The physical properties of the geological formations in the
vicinity of a borehole are often affected by the drilling pro-
cess. Further, the temperature, lithostatic stress, and fluid
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pressure increase with depth. Logging cable and tools
must be constructed in such a way that can withstand the
highest temperatures and pressures encountered in the
well. Interpretation of well-log data may commonly
require temperature correction.

Drilling is usually done using a rotating bit that grinds
away the formations to produce cuttings from shales, sand
from unconsolidated sandstones, or chips up to a few
millimeters in size from solid rocks. The bit is fitted to
the bottom of the drill stem, which typically consists of
10-m lengths of steel pipe screwed together. The bit may
be turned by rotating the whole drill string of 10 m pipes
from its top, but more commonly nowadays the bit is
turned up by the mud being pumped through the turbine
just behind the bit. Turbine drilling allows much greater
control of drilling direction.

Down through the drill stem is pumped drilling fluid,
commonly termed mud. It is a mixture of ingredients
(liquid and solids) formulated to produce the required
rheological properties such as density and viscosity.
Drilling mud expedites the drilling operation by cooling,
lubricating and cleaning the bit, reducing friction, and
transporting cuttings from bit to the surface. Mud also
serves to stabilize the wall of the hole, and - by its weight -
to prevent any high-pressure gas encountered from
blasting out of the hole, and also forms a mud cake, which
is a layer made up of the solids in the mud deposited on the
sides of hole opposite an intergranular permeable forma-
tion ensuring that the hydrostatic pressure of the drilling
mud is higher than that of groundwater. The formation is
invaded by the liquid of the mud, the mud filtrate, to
a distance that depends on the porosity of the formation
and properties of the mud. Nearest to the hole is the flush
zone, in which the fluids are entirely mud filtrate (apart
from some residual fluid that cannot be removed); next is
the transition zone, with decreasing replacement until
a sufficient distance is the uninvaded zone, quite unaf-
fected by the drilling. In very permeable and porous for-
mations, the mudcake builds up quickly and forms
a barrier to further invasion. In less-permeable, low-
porosity formations, the buildup is slow and invasion can
be very deep. Thus, the resistivity of permeable rocks
changes markedly because of the origin of these radial
zones (Schlumberger, 1987). In pelitic formations
(claystones, siltstones), the changes in elastic andmechan-
ical (strength) properties occur along the borehole walls.
Under the influence of drilling mud, the clay minerals
swell and the cohesion of the rock is reduced; a low-
velocity zone is formed along the borehole wall in the
pelitic formations, being the more marked the longer
the time interval between drilling and the moment of
velocity measurement.

Calibration and standardization of logs
Standardization of logging measurements is the process of
checking the response of logging probes in the field, using
some type of portable field standard, usually before and
after logging a well, to provide the basis for system drift
correction in output with time. The Gamma-ray calibra-
tion pit and Neutron pit of the American Petroleum Insti-
tute (API) in the University of Houston are generally
accepted over the world as a basic standard for nuclear
logs because of definition of the API Gamma-ray unit
and API Neutron unit.

Calibration is the process of converting measuring units
of log response to units that represent rock characteristics.
Calibration facilities should closely simulate the lithology
and geometry to be logged. In many applications, it
becomes difficult to utilize such calibration facility for
several reasons (namely, the local lithologic environment
substantially differs from lithology of calibrations blocks).
Then, the calibration is performed by developing
a regression between the measured geophysical property
(the log) and the property of interest determined from lab-
oratory tests using recovered core. The necessary condi-
tion is that the boreholes under study have been carefully
cored. In principle, the quality of calibration is indicated
by the correlation coefficient given from the regression.
This calibration approach is also called “method of key
beds.”

Benefits and limitations of logging
Well logging differs from most other geophysical
methods, not only in being carried out down a borehole,
but in relating the physical quantities measured more
specifically to geological properties of interest, such as
lithology, porosity, and fluid composition. Their main
advantage is greater detail, the measurements are made
within formations of interest and can be compared with
the geological information obtained from the same hole.
Borehole logs usually provide continuous data that can
be used to guide testing procedure and thus may reduce
the number of samples needed and in this way the cost.
The data are useful for interpreting surface geophysical
surveys. Log data are repeatable over a long period. The
repeatability and comparability provide the basis for mea-
suring changes in exploitation wells. Changes in quality of
casing, such as grade of corrosion, clogging, or changes in
exploitation regime, may also be recorded.

Well logging cannot replace sampling completely.
Background information is needed on each new geologic
environment to aid log analysis. A log analysis cannot
evaluate a set of logs properly without information on
the local geology. Logs do not have a unique response,
so it is necessary to combine more methods. And the lim-
itation of logging measurements, which should be consid-
ered, is the borehole environment (diameter, mud,
dimension of a probe, temperature, pressure, velocity of
measurement). High technology and sophisticated inter-
pretation procedures can overcome these limitations.

Principles
Well logging uses the principles of almost all methods in
geophysical surface surveys: electrical, nuclear, seismic,
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geothermal, gravity, magnetic, and electromagnetic and
additionally some procedures particular to drilling activ-
ity. The latter involve measurement of borehole diameter,
bearing and deviation of the borehole from vertical, the
strike and dip of beds, and the direction and velocity of
fluid moving within a borehole. The instruments and mea-
surements have to be adapted for the special conditions of
the subsurface, particularly the confined space of
a borehole, where they also have to overcome the alter-
ations produced in the surrounding formation by the dril-
ling. The drilled holes occur from a few meters depth for
engineering purposes, to over 10 km for the crust at depth
investigation. Most important are those for hydrocarbon
exploration and extraction, which commonly reach depths
of a few kilometers. The boreholes can be vertical,
oblique, even horizontal and geophysical measurement
can be also carried out between holes or between hole
and the surface: nearwell and crosswell reflection imaging
and tomography.

The variation of a property down a borehole is recorded
against depth as a log. Most logs are run by lowering the
tool (measuring device) on a cable, often called wireline.
In some situations, especially if the borehole is deviated
far from the vertical, or may be unstable, the tool is
placed in a modified section of drill pipe, called a collar,
and lowered into a hole at or near the end of the drilling
string.

Many geophysical logging techniques were developed
in the petroleum industry, which is the most important
application in the exploration, evaluation, and production
of oil and gas, by providing information on porosity, per-
meability, fluid content, and saturation of the formations
penetrated by a borehole, but logging methods have also
been applied in holes drilled for other purposes. Logging
for uranium and coal is routinely used because it is rela-
tively easy to identify and evaluate uranium and coal beds
for their quality and thickness. Evergrowing applications
of logs can observed in water wells for evaluation of
porosity and/or fractures, hydraulic parameters and water
quality and groundwater dynamics. Shallow holes drilled
for the characterization and remediation of contaminants
has attracted some new logging techniques. Metal-mining
applications continue to rely on the acquisition of core
because borehole elemental assay methods have only been
developed for a few specific cases. Core is also required
for civil engineering (geotechnical) investigations: holes
are generally shallow and core makes use of mechanical
testing, whereas logging determines rock quality, namely,
fractures under in situ conditions. Subsurface temperature
measurements serve as critical input to many fields of
engineering, exploration, and research such as gas and
fluid production engineering, in well completions, in the
exploration for hydrocarbons and ore minerals and for
high-temperature geothermal resources as well, for testing
hypotheses concerning the evolution of the Earth’s crust
and tectonic processes and for corrections of many tem-
perature-sensitive borehole measurements. Various deep
boreholes have been drilled for scientific purposes.
Logging technology facilitates data generation for special
geological studies concerning sedimentology and strati-
graphic correlation, physical properties, mineralogy and
geochemistry, fracture and stress, etc.
Instrumentation
Geophysical logging equipment appears complex, and the
variety of instruments in use is very large. Any basic mea-
suring system (measuring a natural physical field) consists
of a sensor, signal conditioners, and recorders. Logging
probes, also called sondes or tools, enclose the sensors,
electronics for transmitting and receiving signals, and
power supplies. Often there is an isolated artificial signal
source in the lower part of the probe, which prevents the
direct flow of the signal between source and sensor(s),
so that the signal has to go through the rock surrounding
the well. The probes (must be watertight and resistant to
a high pressure and temperature) are connected to
a cable by a cable head screwed onto the top of the probe.
Some electric- and acoustic-logging devices are flexible;
most are rigid. Probes vary in diameter from 25 mm to
150 mm. The probes are either axially symmetric (central-
ized) or use bowsprings or springloaded arms to force the
probe sensors pad or pads against the borehole wall (side
collimation). Some tool arms may be hydraulically driven.
All producers publish temperature, pressure, and diameter
specifications for their sondes. Because the diameter is
limited and much components must be installed in the
sonde, in some cases sondes are very long (some meters)
even if a large distance between a source and detector is
not required. Usually, in deep holes, the probes are stacked
to obtain multiple measurements for economical reasons.
Measurements are usually made with the probe pulled
upward by a winch fitted with a depth counter to insure
steady tension on the logging cable when data are
recorded. This results in more uniform speed and more
accurate depth determination.

The most recent logging systems are fully digital, with
control of the logging equipment implemented from
a computer keyboard. Logs are displayed by the computer,
and a field record is obtained from a printer. In logging of
oil or gas wells, the measured data are telemetered to
a computation center where they are promptly evaluated
automatically.

The well-log equipments are mounted on vehicle chas-
sis, lighter ones (with cable length � 500 m) on minibus
chassis, while the larger ones (with cable length 1,000–
3,000 m) are truck-mounted and those for logging deep
wells (to a depth over a 5,000 m) are mounted on heavy-
duty trucks. In equipments of medium and large size,
the winches are driven by the vehicle motors, in light
equipments by separate electric motors or hydraulically.
Portable devices are used for logging mine and engineer-
ing-geological boreholes of difficult access. They are pro-
vided with a logging cable up to 300 m long. The devices
for logging in coal mines must be sealed to prevent electri-
cally detonated explosions.
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The most widely utilized logging methods are summa-
rized in Table 1. The principles and applications of
quoted methods in the Table 1 are explained at length in
literature (Serra, 2007; Serra and Serra, 2004; Hearst
Geophysical Well Logging, Table 1 The most commonly used lo

Type of log Potential uses
B
r

Spontaneous potential
SP

Lithology, correlation, water quality U

Normal and/or lateral
resistivity logs (non
focused log), Ra

Lithology, correlation, water quality U

Conductively focused-
current logs, LL
Micro-focused logs,
MLL

Lithology, correlation, water quality,
monitoring formation fluid
conductivity

U

Inductively focused-
current logs IL

Lithology, correlation, water quality,
monitoring formation fluid
conductivity

U

Gamma-ray log GR
Spectral GR

Lithology, correlation M

Gamma–gamma log
GGL-D

Bulk density, porosity, moisture,
lithology, correlation, well construction

W

X-ray fluorescence log
XRF

Elemental composition of ores S

Neutron log NNL Pulsed
neutron porosity
logging

Saturated porosity, moisture, lithology,
correlation

W

Spectroscopy of
neutron-induced
g-rays

Mineralogy from elemental analysis W

Nuclear magnetic
resonance logging
NMR

Amount of free fluids in the reservoir
rocks

U

Elastic wave
propagation log
(Acoustic log) AL

Saturated porosity, lithology, correlation U

Cement bond log CBL Fluid content differentiation, bonding
of casing

U

Acoustic televiewer AT Character and orientation of fractures,
solution openings, and bedding

U

Borehole television
BTV

Well construction, secondary porosity,
lost objects

U

Caliper log CL Borehole diameter, log correction, well
construction, fractures, lithology

M

Temperature log TM Fluid movement in the borehole and/or
behind casing, gas inflow, heat flux
determination

W

Fluid conductivity log
FRL

Fluid movement in the borehole W

Flowmeter FM Vertical fluid movement F

Dipmeter and Borehole
image technologies

Dip of strata, features of structural
geology

U

Clinometer Orientation of the Dip log tool, deviation
of the hole from vertical

N

Well completion
methods

Well construction, numerous techniques
for checking casing and completion
materials, borehole deviation, etc.

A

et al., 2000; Asquith and Gibbon, 1982; Keys, 1997;
Chapellier, 1992; Schlumberger, 1987, 1989; Serra,
1986; Rider, 1986; Desbrandes, 1985; Serra, 1984;
Pirson, 1977, etc.)
gs

orehole conditions
equired Limitations

ncased, mud filled
only

Needs contrast in solutes in borehole
versus formation

ncased, fluid filled
only

Influenced by fluid resistivity and bed
boundaries

ncased, fluid filled
only

Removes some but not all fluid and bed
boundary effects

ncased or cased with
PVC or fiberglass, air
or fluid filled

Poor response in massive resistive
formations

ost conditions Unusual lithology interpretations in
glauconite, arkose and phosphate sands

ide range Mineralogy may influence calibration
through Z effect

lim uncased holes,
constant diameter,
pure water or dry

Very short radius of investigation,
mineralogy affects the sensibility and
accuracy

ide range, preferably
in slim holes, fresh or
brackish fluid filled

Ineffective porosity if clay minerals are
included in total porosity

ide range Mineralogy may influence calibration

ncased Occurrence of magnetic minerals

ncased, fluid filled
only

Measures primary or matrix porosity
rather than total porosity, soft
formations

ncased or cased, fluid
filled only

Response gives a circumferential average
of bonding, may not detect channels

ncased, fluid filled,
water or mud

Fracture interpretation may be affected by
drilling damage to borehole wall

ncased or cased, air or
clear fluid

No information in opaque fluid, dark
mineral bands mimic fractures

ost conditions Probe performance often affected by
borehole deviation

ater filled Affected by disturbance to fluid column
by probe motion

ater filled Affected by disturbance to fluid column
by probe motion

luid filled Spurious results may be cause d by
convection, or by movement of fluid in
annulus behind screens

ncased, fluid filled
only
on metal casing, wide
range
ll conditions Labor and equipment intensive;

completions may be irreversible and
often depend on the specific
interpretation
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Fundamentals of log analysis
The process of log analysis for a project can be simplified
into several basic steps:

 Data processing, including depth matching andmeeting
all logs and other data from a single well and editing
and smoothing the data set

 Correcting borehole effects and other errors
 Converting log measurements to geologic parameters

of interest; this is best done with calibration data for
each probe

 Combining logs and other data from all wells on
a project, so that the data can be extrapolated laterally
in cross sections or on maps

 Writing a report describing the analytical procedures
and results from the logs

The analysis of log data by computer offers a number of
time-saving advantages: a large mass of data can be col-
lated and displayed; logs can be corrected and replotted;
scales can be changed, smoothing and filtering operations
can be carried out; cross plots can be made between differ-
ent kinds of logs and core data and calibration curves; cor-
relation functions and rations can be plotted, as well as
cross sections and isopach maps. An excellent introduc-
tion into this matter is presented by Doveton (1994).

Cross plots
Because valuable quantities can only be deduced from two
or more physical properties, a number of logs are run;
often several that will function together are combined in
a single tool. Frequently used interpretation technique
for more reliable estimation of resulting data is called
cross plots. Fertl (1981) gives a good overview of the
crossplot technique. The basic procedure is to plot log data
for a given depth interval in a space defined by two log
parameters. That is, one plots all pairs of observed values
of neutron versus acoustic or density parameters, or den-
sity versus acoustic. Often, at each point in the plane of
coordinate system corresponding to a measured pair of
values, one plots a digit representing the number of times
that pairs of values occur in the interval. Sometimes, the
value of a third variable, such as the gamma-ray log, is
measured at the same depth interval as the pair of data
being crossplotted or is indicated by a color at the point
in space; that is called a z-plot. This is particularly conve-
nient in more complex lithologies.

Applications of geophysical well logging
In the oil industry
The spontaneous potential (SP) log represents the mea-
surements of the naturally occurring potential difference
between two electrodes: one is movable in the well, the
other is fixed (grounded) on the surface. It is measured
in millivolts. Electric currents arising primarily from elec-
trochemical factors within the borehole create the SP log
response. These electrochemical factors are brought about
by differences in salinities between mud filtrate (Rmf) and
formation water resistivity (Rw) within permeable beds.
Because a conductive fluid is needed in the borehole for
the SP log to operate, it cannot be used in nonconductive
(i.e., oil-based) drilling muds. The concept of static spon-
taneous potential (SSP) is important because SSP repre-
sents the maximum SP that a thick, shale-free, porous,
and permeable formation can have for a given ratio
between Rmf/Rw. SSP is determined by formula SSP =
�K.log (Rmf/Rw) [here Rmf is derived from the resistivity
of mud, which is measured in the laboratory on a sample,
while K has a value that depends on the temperature, it is
71 at the typical temperature of 25�C] or chart and is
a necessary element for determining accurate values of
Rw and volume of shale. The record of SP shows perme-
able beds and their boundaries and determines formation
water resistivity and also volume of shale in permeable
beds.

The resistivity log is used to determine the fraction
of pore space that is occupied by water, called the
water saturation, Sw (the fraction that is hydrocarbons
Shc = 1 – Sw). Because the rock’s matrix or grains are com-
monly nonconductive, the ability of the rock to transmit
a current is almost entirely a function of water in pores.
Hydrocarbons are also nonconductive; therefore, as the
hydrocarbon saturation of the pores increases, the rock’s
resistivity also increases. The most simple (standard) form
of resistivity logging requires three electrodes that are
lowered into a borehole, usually two current electrodes
(a pair) A, B, and onemeasuring electrodeM. Themeasur-
ing electrode N is placed on the surface. The electrodes
that are lowered into the borehole consist of lead rings fas-
tened to the lower part of the cable or bar. Such an arrange-
ment of electrodes is known as the resistivity logging
probe. The contact between electrodes and formation is
made through mud, which therefore must be conducting.
The resulting curve is called apparent resistivity Ra. The
true resistivity Rt would be measured by this simple sonde
only in ideal case of homogeneous isotropic rock environ-
ment, which case in the borehole does not exists. The
shape of resistivity curves obtained by logging is largely
controlled by the configuration of electrodes. There are
two basic types of simple resistivity probes, that is, normal
and lateral probes. Normal probes have a distance
between unpaired electrodes far smaller than between
paired electrodes and represent the classical way of mea-
surement. Measuring a set of Ra curves with different
spacing is required to obtain a plot of values of Ra versus
probe spacing. Connecting them by a line, we can corre-
late in this way obtained curves with theoretical curves
(master curves) and thus to determine the true resistivity
of the layer investigated, the resistivity and the diameter
of the invaded zone. Since this process is extremely labo-
rious, a method was sought which would replace this clas-
sic resistivity measurement and enable the true resistivity
of rocks to be determined in a simpler way.

Research led to the development of a combination tool,
known as laterologs, which consist of a central electrode
and symmetrical placed other (shielding) electrodes.
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They have great advantage as the registered Ra values are
closed to the true resistivity (Hearst et al., 2000;
Schlumberger, 1989; Serra, 1986). Examples are the
microlog, microlaterolog, proximity log, and induction
log.

The radioactivity logs involve the use of radioactivity
to identify lithologies and to help deduce density and
porosity, particularly when a hole is cased because they
will function with steel case in place. The simple natural
gamma ray-log responds to total natural gamma ray activ-
ity of the surroundings rocks in the borehole, which is due
mainly to potassium (K), thorium (Th), and uranium (U,
resp. Ra). Of lithologies commonly present, usually shales
have the highest activity; sands are intermediate; lime-
stones, dolomite, and quartz are low; while anhydrite, salt,
coal, and chert are least active. Occasionally, potash beds,
and accumulations of radioactive ores or minerals with
higher activity than shales may be encountered. Although
the gamma ray activity of shales varies widely on world-
wide basis, it tends to be constant in a particular field. It
is therefore used to estimate shale content, assuming the
maximum value on the log means 100% shale and the
minimum value means no shale. The spectral gamma
ray log records separately the activities of K, Th, and U,
so allowing more precise identification of shales, for these
differ from other rocks in their relative proportions of the
three elements. The gamma–gamma or formation density
log (GG-D) has a strong source of gamma rays (mostly
137 Cs) at one end of the probe, at the other is a detector
of the gamma rays that is shielded so that it cannot receive
rays directly from the source, so only gamma rays that
results from scattering from the surrounding rock are
counted. The neutron–neutron log (NNL) is a record of
the neutron flux after its passing from a source in the probe
through a formation continuous with the borehole to the
detector(s). The tool is equipped with a radioactive source
that emits fast neutrons. Neutrons travelling through the
formation only slow down significantly when they collide
with atoms of a similar mass, that is, hydrogen atoms. That
is why the measured value of NNL corresponds to the
content of hydrogen (not only as its part of water or oil,
but independently in the form of hydrogen occurrence in
some minerals), referred to as hydrogen index. Other vari-
eties of neutron–neutron log can be used, interrelated with
application of different i) sources such as plutonium/beryl-
lium or americium/beryllium or californium sources using
neutron accelerators working in pulse regime and ii)
detectors besides neutron tubes for epithermal and thermal
neutrons using spectral detection of gamma rays produced
as a result of few usual interactions of neutrons with for-
mation (nonelastic collisions, neutron absorption,
activation).

The sonic log measures a record of the elastic waves
velocity versus depth in a borehole (see Seismic Properties
of Rocks). The most simple tool design is single-
transmitter tool, which commonly has a radial piezometric,
electrostrictive, or magnetostrictive transducer placed
along the axis of an acoustic tool. Receivers are mounted
in much the same way. The borehole fluid must be
a liquid for most tools to function. Care must be taken to
acoustically isolate the transmitter from the receiver so
signals are not transmitted through the tool (compare with
Seismic instrumentation). This measuring system fails if
the tool is not parallel to the borehole wall or if there are
increases in hole diameter. To solve those problems, the
compensated acoustic log was developed. It has two trans-
mitters at each end, and for each tramsmitter there are two
receivers positioned far enough along the tool that the first
arrivals at both are rays refracted from the wall of the bore-
hole. The choice of tool frequency is critically important for
the generation of useful acoustic logs. High frequency and
short wavelength are characterized by detailed spatial
resolution and strong attenuation. Low frequency and long
wavelength are characterized by poor spatial resolution but
low attenuation. Careful study of the effects of frequency on
acoustic logging indicates that the most important require-
ment for logging tool performance is excitation of a single
mode. Hearst et al. (2000) find that the most commonly
used acoustic-logging frequencies (10–20 kHz) correspond
with the source band most likely to excite the single funda-
mental pair of P and S peaks under typical logging condi-
tions for 15–25 cm diameter boreholes. There are many
variations of the continuous velocity log, but all rely more
or less on the same principle, though the number and type
of sources and receivers are variable. The advent of com-
pact downhole electronics controlled by powerful com-
puters in the logging truck has offered the collection of
digital waveforms from logging tools consisting of many
receivers. Thus, more information than just the first arrival
can be presented, and several methods of presenting the
information have been developed: the full-wave display,
variable-intensity display. It is now common practice to
record the entire waveform digitally for later processing
(full-wave acoustic logging). Tool using this mode of
acoustic propagation measure both the velocity and the
amplitude of the various components of the full acoustic
waveform, that is, compressional, shear, and tube
(Stoneley) waves (Paillet et al., 1992; Chen, 1989).
Advances in characterization of full-waveform data facili-
tate fracture detection and evaluation, permeability mea-
surement, and well completion. The measured data by
continuous velocity log can help identify lithologies
although the main application is to estimate the porosity.
Other developments in acoustic logging are depicted in
publication of Prensky (1994): reflexion (Pulse-echo) tool
which employs ultrasonic pulse-echo transducers (bore-
hole-televiewer type) that measure signal velocity and
amplitude and have application in both open and cased
hole. Further advances in acoustic logging are improve-
ments in techniques such as Downhole seismic, Wellbore
resonance, Behind-pipe flow, etc.

The temperature log provides the values of temperature
of fluids in a borehole (which is not necessarily in thermal
equilibrium with the formation temperature) with depth
(in �C) or the temperature increment over a constant
distance, that is, the temperature gradient (in �C.m�1).



408 GEOPHYSICAL WELL LOGGING
The instruments used are thermometers and differential
thermometers. As a measuring element, temperature-
dependent resistors are used. They are located in the probe
so as to be in contact with the fluid with their entire
surface, if possible, and to be simultaneously thermally
insulated from the body of the measuring probe. The time
constant of the device is thus reduced to a minimum. There
are two types of temperature-dependent resistors:
thermally positive (metal wires, e.g., platinum, copper,
etc.) and thermally negative semiconductor materials
(thermistors). These thermally negative materials exhibit
substantially higher sensitivity (by as much as 10 times)
than the thermally positive materials, but their drawback
is that their resistance varies with temperature nonlinearly
(in contrast to metals). The temperature sensor indepen-
dent of its material is usually inserted in a Wheatstone
bridge so that temperature-dependent resistor is located
in one branch of the bridge, and remaining three branches
consist of resistors independent of temperature. For cali-
bration, the logging thermometers are put into a water bath
whose temperature is changed gradually and measured as
accurately as possible. Desired accuracy is of the order of
0.01�C, the effective accuracy of commercial temperature
log is 0.5�C. Very often, the temperature is recorded dur-
ing the lowering of the probe so as to meet a thermal field
with the minimum possible disturbance. The application
of borehole-temperature data can be grouped in two broad
categories: engineering uses and scientific uses (Prensky,
1992). Engineering uses incorporate: (1) correction of
resistivity logs because temperature normally increases
with depth and resistivity is a function of temperature
(and salinity); (2) reservoir engineering: temperature is
required for calculations of hydrocarbon recovery factors,
including pressure–volume–temperature relationships
and gas–oil ratios; (3) well completion and production
logging: this issue includes the production of hydrocar-
bons and geothermal energy, location of top of casing
cement (owing an exothermic reaction of setting cement
producing an obvious temperature anomaly), designing
cement slurries, detecting channels in the cement, Fluid
flow – temperature anomalies are used for identifying
the depth of fluid and gas entry or exit, detection of casing
leaks and intervals of lost circulation, fluid injection – the
contrast in temperature between injected fluid and forma-
tion fluids can identify zones of fractures.

Scientific uses are based on heat-flow measurements in
boreholes, which are made by combining sets of tempera-
ture measurements under a steady temperature regime
and thermal conductivity data, following the formula
Q = K (dT/dz), where Q is heat flow, K is thermal conduc-
tivity (known from literature for a given lithology or mea-
sured in laboratory), and T is temperature at depth z (when
the temperature of mud has equalized with the temperature
of the formation). Temperature in a borehole also gener-
ally changes with time as it returns toward equilibrium
after the disturbance caused by drilling, which can take
long time and may range from a few days for a shallow
(100–150 m) air-drilled hole to several months for deep
mud-drilled oilwells. The heat-flow knowledge contrib-
utes to solving a lot of scientific work, such as study of
the Earth’s evolution, stratigraphic correlation (changes
in thermal gradient may correspond to lithology varia-
tions), basin analysis and modeling, detection of zones
of overpressuring, detecting of regional aquifer flow,
exploration for geothermal reservoir, etc.

Borehole imaging technologies are based on three types
of sensors: electrical, ultrasonic, and optical. The dipmeter
can also be considered a form of imaging. The dipmeter is
used to determine the dip angle and dip direction of planar
features intercepted by the borehole.
Indirect-imaging technologies: Acoustic
and electrical
The electrical scanning tools rely on a resistivity contrast
in the formation to obtain an image and thus limited to
holes with conductive mud. Acoustic-imaging tools use
a rotating, focused, ultrasonic transducer to measure
reflectivity times and amplitude of the pulse-echo from
the borehole wall or from the casing. Acoustic amplitude
is sensitive to borehole irregularities, thus enabling deter-
mination of borehole shape, that is, borehole caliper.
Prensky (1994) gives an excellent summary of the litera-
ture as regards the possibilities of these borehole imaging
tools for identification and analysis of natural and induced
fractures; borehole breakouts; thin beds; geologic struc-
ture, such as strike, dip, and faults; identification of
sedimentary features; interpretation of depositional envi-
ronment; and evaluation of casing corrosion.

Direct Imaging Technology:Borehole video is a wireline
tool containing a miniature television camera and light
source to obtain high-resolution, real-time visual images
of the borehole or tubulars, in both air- or fluid-filled bore-
holes. The recent introduction of fiber-optic-based systems
offers reduction in tool diameter and operation in greater
depths. Applications include inspection of casing, tubing
and perforations, detection of produced fluid entry, fracture
deification, etc.

The caliper logs facilitate measurement of the true size
and shape of a drilled hole. Most caliper tools are mechan-
ical. The mechanical tool consists of several arms, which
are pushed out against the wall of the hole by springs or
hydraulic pressure; their extent is converted by an electro-
mechanical device into an electrical signal suitable for
recording (proportional to real diameter). Most indepen-
dent calipers have three or four arms; some have as many
as six. The diameter of the borehole is necessary to be
known to introduce corrections in quantitative interpreta-
tion in almost all methods measured in the boreholes; to
calculate the amount of cement needed to fix the casing;
to give lithologic information, because washouts are indic-
ative of formation properties – weak formations will tend
to wash out, strong ones will not. Caliper logs can also
give evidence of the presence of fractures.

The simplest relation between electrical conductivity
and formation properties is given by an empirical relation
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between formation factor F, defined as the ratio of the
resistivity of a rock fully saturated by water R0 to the resis-
tivity of the water Rw with which the rock medium is sat-
urated, and porosity F of clean sands (known as Archie’s
law): F = R0/Rw = a/Fm, where the coefficient a ‘and the
exponent m’ (cementation factor) can be determined inde-
pendently from laboratory measurements on core samples
and are usually consistent within a lithologic unit. The
Archie’s formula has some limitations dealing with con-
ductivity of pore space, which is frequently discussed in
literature, for example in Hearst et al., 2000. Dielectric
log is an electromagnetic method using high frequencies,
when dielectric properties begin to dominate the propaga-
tion characteristics of electromagnetic waves. The pres-
ence of water continues to govern the tool response in
this high-frequency regime (100 kHz and greater) because
the dielectric permittivity of water is significantly greater
than that of most earth materials. Pulsed neutron logging
measures the rate of decay of thermal neutrons in the inter-
val between two pulses of a neutron generator. Nuclear
magnetic resonance logging (NMR) has been available
for many years, since 1960s, but the literature on the appli-
cations of borehole NMR has grown very rapidly in the
1990s, and is constantly increasing. Originally, the
method is based on the measurement of nuclear spin and
magnetic moment of a hydrogen nucleus providing data
of the free fluid index – how large a volume of fluid can
be obtained from the rock by pumping, and the character
of the fluid at the selected depths. The total signal is pro-
portional to the total number of protons present in both
the free and bound fluid. NMR measures proton spin–
lattice (longitudinal, T1) and spin–spin (transverse, T2)
relaxation times; these relaxation times are proportional
to pore size and to bound (clays) and free (pore) fluids.
In petrophysical terms, these parameters provide informa-
tion for quantitative determination of permeability, pore-
size distribution lithology in reservoir rocks. Kenyon
(1997) is an excellent summary of the application of
NMR to petroleum industry.
Geophysical Well Logging, Table 2 Summary of porosity derived

Log Property measured Response to the type of po

Gamma–gamma Electron density Total porosity, best for hig
porosity

Neutron Hydrogen content Total porosity, best for low
porosity

Acoustic
velocity

Average P-wave
velocity

Total porosity, only primar
and intergranular

Resistivity Pore fluid and
interconnected
porosity

Effective porosity both pri
and secondary

Gravity logging Bulk density Total porosity

Nuclear
magnetic
resonance

Relaxation time of
protons

Amount of fluid in pores la
than some minimum
Porosity derived from logs shows summary in the
Table 2.
Hydrogeologic applications
Geophysical well logs in water wells can be used to deter-
mine lithologic parameters with the aim to evaluate qual-
ity and geometry of aquifer system, both with
intergranular porosity and fracture and estimate the quality
and amount of contained water in the surroundings rocks.
In addition to the lithologic parameters, a second impor-
tant category of information that can be derived from well
logs includes data on the character and movement of water
in the borehole and the formation. Characteristics of fluids
in the well bore can be measured directly, but the data on
formation fluids must be inferred from logs. Logs of the
conductivity and temperature of fluid in the borehole can
be related to formation-fluid characteristics, provided that
the well has had time to attain chemical and thermal equi-
librium with the groundwater reservoir, that an adequate
hydraulic connection exists between the hole and the
rocks penetrated, and that the inhole flow does not disturb
these conditions. Flowmeters (Schlumberger, 1993) are
probes designed to measure groundwater flow rates along
boreholes under ambient and forced gradient (during
pump-test) conditions. Impellor flowmeters (Hill, 1990;
Keys and Sullivan, 1979) require a significant velocity
to rotate impellor blades, so that this probe cannot measure
velocities less than about 10�1 m/s. Heat pulse (Hess,
1986) and electromagnetic (Molz et al., 1994) flowmeters
can detect velocities as low as 10�3 m/s.

Techniques based on time sequence measurements of
flow logs are applied only in clean wells, where mud has
been replaced by water and the filter cake does not affect
aquifer permeability in the vicinity of the borehole. Under
these conditions, changes in the physical properties of the
borehole fluids under ambient or stressed conditions
reflect the properties of the formation and the water
contained in the formation. Various properties of water
from logs

rosity Extraneous effects
Borehole
requirements

h Matrix, salinity, water saturation,
well construction

Wet or dry, cased or
open

Bound water, matrix chemistry,
salinity, water saturation

Wet or dry, cased or
open

y Cycle skipping, poor in high-
porosity sediments

Fluid filled and open,
high pressure

mary Pore shape, fluid chemistry, water
saturation

Open or with
perforated PVC
casing

Stationary measurement Deep reading, >50 ft
(18 m)

rger Bound water, very small pores, clay
and magnetic minerals

Open hole
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in boreholes, such as the conductivity, temperature, trans-
parency, and/or radioactivity (using tracers) as a function
of depth, may be used in this fluid column logging
method (Chapellier, 1992; Kobr et al., 2005). Many of
these properties can be measured using conventional
borehole logging equipment. Log-derived hydraulic
parameters, such as hydraulic conductivities or transmis-
sivities can be obtained from both flowmeter analysis and
time sequence of fluid logs. The last named method is
also used to study water flow in the rock medium. Move-
ment of the groundwater flow in sandy aquifers is ori-
ented in the direction of the hydraulic velocity, by the
hydraulic conductivity and the azimuth (direction) of
the flow. Properly interpreted borehole fluid log can be
used to locate zones where water enters and/or leaves
the well bore, to estimate the specific yields of these
zones and all parameters cited above. Also, this method-
ology is advantageous in contamination studies, to check
the quality of well completion and in shallow boreholes
for engineering geology (Hess, 1986; Tsung et al.,
1990; Kelly and Mareš, 1993; Mareš et al., 1994; Molz
et al., 1994; Paillet and Crowder, 1996; Keys, 1997;
Paillet, 2000).
Mineral exploration
Although boreholes are routinely cored to detect and
quantify the presence of economic minerals, often the
information is incomplete because of missing core, or mis-
leading because of rapid lateral variation of the minerali-
zation (hydrothermal veins). The depth of investigation
may be increased by lowering down the hole closer to
the ore bodies. The logging system is adapted to the con-
ditions of a mineral exploration program (smaller holes
as diameters – from 49–122 mm; as depths – often less
than 100 m) using portable logging system with appropri-
ate methodology. The physical properties of interest are
density, average mass number, electrical conductivity,
and magnetic susceptibility. For disseminated types of
ores induced polarization method is useful. Sometimes,
self potential method is also used. In this case, the sponta-
neous potential is of interest in connection with minerals
that are electronic conductors, such as massive sulfides,
magnetite, and graphite. If two boreholes are available at
reasonable mutual distance a cross-hole tomographic sur-
vey can be carried out either with seismic or electromag-
netic method. This later can map the conductivity
distribution between boreholes in the exploration for min-
erals as well as in environmental and crustal studies (see
Instrumentation, EM). The modern radioactive methods
(X-ray fluorescence analysis, spectroscopy of neutron-
induced g-rays) enable implementation of elemental anal-
ysis of the rocks in situ conditions. Due to heavy expenses
involved, these methods are not usually considered as the
routine ones in mineral exploration. But in some special
conditions they may be economic (for example, neutron
activation in the borehole on fluorine can be used for cal-
culation of reserves).
Civil engineering, rock mechanics, and
environmental preservation
Other well-logging applications for various geological
studies can be found in literature (Deltombe and Schepers,
2004; Hurst et al., 1992; Hurst et al., 1990). Almost all
methods discussed earlier can be applied, some modifica-
tions have been introduced. The most important methods
for this reason are the acoustic methods: sonic log, vertical
seismic profiling, seismic tomography. The main goal of
this application is direct (in situ) determination of dynamic
elastic properties because sonic logging and waveform
analysis provide the means for obtaining continuous mea-
surements of compression and shear velocities. More
information can be found in Takahashi et al. (2006).

Summary
Geophysical logs are made by instruments in sondes, or
tools, suspended mostly on a wire, with readings usually
taken as they are pulled to the surface. Sondes often con-
tain several instruments that can operate without mutual
interference. The records of the variation of various quan-
tities down boreholes are called logs, and are of both geo-
physical and nongeophysical quantities. Geophysical logs
are often more valuable when combined than when used
singly. Geophysical logging is not only cheaper than con-
tinuous coring but it provides information that cannot be
obtained on cores, partly because of the alterations pro-
duced by the dribbling, and reduces the need for sampling.

Measurements of geophysical parameters in boreholes
present the follows characteristics:

– Instruments have to be adapted for the dimensions of
a borehole and usually to operate submerged in drilling
mud.

– Measurements have to take into account the conditions
(pressure, temperature, and technical conditions of the
borehole) resulting from the drilling.

The most important application of well logging in the
exploration, evaluation, and production of oil and gas, as
well as other uses in different geological and engineering
branches has been discussed.
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GEOTHERMAL HEAT PUMPS
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Geowatt AG Zurich, Zurich, Switzerland

Definition
A geothermal heat pump (GHP) is a heating and/or
cooling system that moves heat to or from the ground. It
uses the earth as a heat source (in the winter) or a heat sink
(in the summer). Geothermal heat pumps are also known
by a variety of other names, including ground-source,
geoexchange, earth-coupled, earth energy, or water-source
heat pumps. They can be designed and installed in sizes
from a few thermal kW to several MW capacity (the latter
in modular assemblage). Currently GHPs represent the
largest share in geothermal direct use and account mainly
also for the global growth.
The resource
Shallow geothermal resources (the heat content of rocks in
the top few meters of the continental crust) represent
a major and ubiquitous energy source. The earth as
planet can afford to give off heat by a thermal power of
40 million MW, without cooling down. Without utiliza-
tion, the terrestrial heat flow is lost to the atmosphere. In
this case, the isotherms run parallel to the earth’s surface
(i.e., horizontal in flat terrain) and the heat flow lines
are perpendicular to them. If, instead, the heat flow can
be captured, e.g., by a heat extraction device like
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a borehole heat exchanger (BHE) (see later), the isotherms
are deformed and the heat flow lines can be diverted
toward heat sinks (Figure 1).

Geothermal heat pump (GHP) technology
A new chapter in the history of geothermal applications in
buildings opened with the advent of geothermal heat
pumps. This technology enables space heating, cooling,
and domestic warm water production with the same instal-
lation. The GHP application is now in the focus of private,
public, and municipal interest (Banks, 2008).

Geothermal heat pumps (GHPs) are one of the fastest
growing applications of renewable energy in the world
and definitely the fastest growing segment in geothermal
technology, in an increasing number of countries (Rybach,
2005). GHP represent a rather new but already well-
established technology, utilizing the immense renewable
storage capacity of the ground. GHPs use the relatively
constant temperature of the ground to provide space
Heat
production

Heat sink

The heat sink captures the
heat flow

Terrestrial

heat flow

Isotherms

The terrestrial heat
flow is lost to the
atmosphere

Geothermal Heat Pumps, Figure 1 Principle of geothermal
heat extraction and production.

Vertical Horizontal

BHE

Geothermal Heat Pumps, Figure 2 Closed loop and open loop (g
most common system, with borehole heat exchangers (BHE). The h
Lund et al., 2004).
heating, cooling, and domestic hot water for homes,
schools, factories, public buildings, and commercial
buildings. The applicational size can vary from single-
family homes with 1–2 borehole heat exchangers (BHEs)
to large-scale complexes with hundreds of BHEs. The
decentralized systems can be tailor-made, taking into
account the local conditions. It is essential to employ
proper installation design that takes into account meteoro-
logic, ground property, and technical supply conditions.
By these means, reliable long-term operation can be
secured. Of the local conditions, the thermal conductivity
of ground materials and the groundwater properties are of
key importance.

There exist mainly two types of geothermal heat pumps
(Figure 2). In ground-coupled systems, a closed loop
of plastic pipe is placed in the ground, either horizontally
at 1–2 m depth or vertically in a borehole down to
50–300 m depth. Awater-antifreeze solution is circulated
through the pipe. Thus, heat is collected from the ground
in the winter and optionally heat is rejected to the ground
in the summer. An open loop system uses groundwater
or lake water directly as a heat source in a heat exchanger
and then discharges it into another well, a stream, or lake,
or even into the ground. The installation of horizontal coils
needs relatively large surface area and extensive earth-
works (digging the ground down to the level of coil lay-
out); the prerequisite for extracting the heat of
groundwater is the presence of a shallow water table. For
these reasons, the most widespread technology of shallow
heat extraction is by BHEs. Heat extraction is established
by closed-circuit fluid circulation (a few m3/h of pure
water or with an antifreeze additive) through the BHE
and the evaporator side of the heat pump.

Three basic components make up a GHP system:
(1) the heat extraction/storage part in the ground, (2) the
central heat pump, and (3) the heat distributor/collector
in the building (e.g., floor panel). The key component is
the heat pump. In essence, heat pumps are nothing more
than refrigeration units that can be reversed. In the heating
mode, the efficiency is described by the coefficient of
Two well

HP

roundwater) heat pump systems. The arrow indicates the
eat pump (HP) is the red box in the house. (Modified from



GEOTHERMAL HEAT PUMPS 413
performance (COP) which is the heat output divided by
the electrical energy input for the heat pump. Typically,
this value lies between 3 and 4 (Rybach, 2005). Except
for larger, singular applications where gas-driven heat
pumps are used, most heat pumps use electricity for their
compressors. Therefore GHPs are electricity consumers.
The source of electricity varies from country to country;
it would be elegant if the electricity to drive the GHP heat
pumps would originate from renewable sources like solar,
wind, or even geothermal! The principal components of
a BHE-based GHP system are depicted in Figure 3.
Heating and cooling with GHPs
As mentioned above, GHP systems can provide space
cooling also. In moderate climate, the ground below about
15 m depth is significantly colder than outside air in sum-
mer. Thus, a large geothermal store with favorable heat
capacity is available where the heat can be exchanged
(extracted from the building and deposited in summer,
extracted from the ground store and supplied to the build-
ing in winter). The thermal capacity of the system
depends, besides the volume, on the thermal and
hydrogeologic characteristics of the installation site; these
must be carefully considered in system dimensioning. In
summer, most of the time the heat pump can be bypassed
and the heat carrier fluid circulated through the ground by
Heat pump

Floor panel heating (35°C)

Backfilled borehole,
10 cm dia

Borehole depth
50–300 m

Single or double
U-tube

Geothermal Heat Pumps, Figure 3 Sketch of a GHP system
with a single BHE. Horizontal/vertical arrows indicate circulation
in the U-tube heat exchanger, oblique arrows indicate heat
extraction from the ground (heatingmode in winter). In summer
the oblique arrows are reversed; heat is extracted from the
building and stored in the ground.
the BHEs and through the heating/cooling distribution
(e.g., floor panels). By these means, the heat is collected
from the building and deposited in the ground for extrac-
tion in the next winter (Lund et al., 2003).

Design, costs
BHEs can be installed in nearly all kinds of geologic mate-
rial. Design and installation must consider numerous
influence factors. The sizing must consider the demand
characteristics of the object to be supplied (size, extension;
heating alone, or heating + domestic water, combined
heating/cooling) as well as the local site conditions (cli-
mate, ground properties). The key ground property is the
thermal conductivity of the ground surrounding the BHE.
The higher the rock thermal conductivity l (W/m,K), the
higher the specific heat extraction rate (W/m) and the
energy yield (kWh/m,a) per unit BHE length (see Table 1).

The installation and operation of a BHE/HP system
needs installation and running costs. BHE drilling and
installation costs amount to about 50 US$ per meter in
the USA and about 70 € per meter length in Europe.
The operational cost is significantly less than with fossil-
fueled systems. Currently, the price of heat and cold pro-
vided by GHP systems is comparable with conventional
systems; GHP installation cost payback (the period of
years before the savings in annual operating costs exceed
the initial premium of an installation) ranges from 4 to
10 years, depending on the size and complexity of the
system.

GHPs represent by far the fastest growing market in
geothermal development. In the USA, over 100,000 sys-
tems are installed annually (IGSHPA, 2009a). Annual
GHP sales reached 35,000 units in Germany in 2008,
and 40,000 units in Sweden in 2007 (EGEC, 2009). In
Switzerland, over 2,000 km borehole length was drilled
in 2008 to install BHEs (Rybach and Signorelli, 2010).

Licensing, environmental benefits
In general, GHP installation needs permits. In most coun-
tries, the water protection agencies (local, regional,
national) are providing permits. Regulation varies from
country to country, in some cases even within the same
Geothermal Heat Pumps, Table 1 Borehole heat exchanger
performance (single BHE, depth� 150 m) in different rock
types. From Rybach (2001)

Rock type

Thermal
conductivity
(Wm�1 K�1)

Specific
extraction rate
(W per m)

Energy yield
(kWh m�1 a�1)

Hard rock 3.0 max. 70 100–120
Unconsolidated
rock, saturated

2.0 45–50 90

Unconsolidated
rock, dry

1.5 max. 25 50
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country. Usually, some standard forms need to be filled
and submitted. It is common practice that in groundwater
protection areas the installation of GHP systems is limited
or forbidden.

GHPs operate with little or no greenhouse gas (GHG)
emissions since no burning processes are involved. GHPs
driven by fossil-fueled electricity reduce the CO2 emission
by at least 50% compared with fossil-fuel-fired boilers. If
the electricity that drives the geothermal heat pump is pro-
duced from a renewable energy source like hydropower or
geothermal energy, the emission savings are up to 100%.

Reducing current CO2 emissions is the central option in
all the efforts to mitigate global warming. Here, a clear dis-
tinction must be made between actual emission reduction
and merely avoidance of additional emission: by new
GHPs only additional CO2 emission can be avoided (“sav-
ing”), not a reduction of actual emissions. When GHPs are
installed in refurbishment (to replace fossil-fueled sys-
tems), actual emission reduction can be achieved. Emis-
sion reduction is also evident when electric heater/cooler
installations, driven by fossil-based electricity, are
replaced by GHP systems.
Applications, development trends
There is a growing number of successful examples of
GHP applications, for all kinds of buildings of highly
varying sizes. The largest installation currently under con-
struction is the geothermal store at the Bell State Univer-
sity (Indiana, USA) campus, with 4,100 BHEs, each
120 m deep (IGSHPA, 2009b). Several international orga-
nizations cover and/or promote the applications of GHPs.
Here, only a few links are provided.

– International Ground Source Heat Pump Association
(IGSPHA) http://www.igshpa.okstate.edu/

– Geothermal Heat Pump Consortium (GHPC) http://
www.geothermalheatpumpconsortium.org/

– International Energy Agency Heat Pump Centre http://
www.heatpumpcentre.org/

– European Heat Pump Association (EHPA) http://www.
ehpa.org/

Besides, there are national associations active in many
countries.

Most GHP systems operate with borehole heat
exchangers (BHEs). In the early days of BHE applica-
tions, the boreholes have been drilled outside the objects
to be served by the GHP installations. Nowadays, also dic-
tated by the high prices of land, the boreholes are more and
more located beneath of the buildings to be erected.

Energy piles are now becoming increasing popular. At
many locations, the ground properties are such that load-
bearing rock formations occur only at some depth. There-
fore, foundation piles need to be placed to secure firm
standing of buildings. These piles can be equipped with
heat exchanger pipes; the assemblage is then called
“energy pile.” Special care must be taken to secure that
the temperature changes caused by heat extraction and
storage does not affect the pile/ground contact. A special
handbook has been published in Switzerland that
describes design, installation, and operation of energy pile
systems (SIA, 2005).

Summary
Currently, geothermal heat pumps (GHPs) represent the
fastest growing branch in the utilization of geothermal
energy. There are various factors that can lead to the suc-
cessful dissemination of the GHP technology. Promoting
factors are manifold: technical, economic, environmental
awareness, governmental support, etc. Themost important
driving force is simply knowledge and know-how.
Besides, various applications and wide-scale realizations,
high-level quality assurance and successful demonstration
facilities are needed.

The use of GHP systems represents an important contri-
bution of renewable energies to the mitigation of climatic
warming: the increasing use of the environmentally
friendly geothermal technology enables the saving of
great amounts of fossil fuels, avoid corresponding CO2
emissions and, in the case of the application of GHP sys-
tems in building renovation, it results in a significant emis-
sion reduction. It can be expected that GHP systems, along
with other geothermal technologies (especially for power
generation), will further increase the benefits to future
generations.
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Introduction
Because changes in temperature at the Earth’s surface are
transferred to the subsurface through the process of ther-
mal diffusion, past changes in decadal and centennial sur-
face temperature trends are now evident in subsurface
temperatures. Thus, temperature-depth measurements in
boreholes register not only the heat flowing out of the
Earth but also transient departures from the background
attributable to past surface temperature changes (e.g.,
Lachenbruch and Marshall, 1986; Pollack and Chapman,
1993; Pollack and Huang, 2000; Beltrami, 2002a; Harris
and Chapman, 2005). Identifying and interpreting these
transient departures in terms of the past few hundred years
of surface temperature change is now known as the geo-
thermal method of climate reconstruction. Because ther-
mal diffusion behaves as a low-pass filter, such that
high-frequency changes in surface temperature are attenu-
ated more quickly and at shallower depths than longer-
term changes, this method is most useful in identifying
centennial scale climatic trends. The geothermal method
of climate reconstruction has several benefits including
(1) bypassing the empirical temperature calibration inher-
ent with proxy records of climate change; (2) extending
coverage to remote and widely dispersed continental sites
where meteorological instrumental records are not avail-
able; and (3) establishing a surface baseline temperature
prior to the industrial revolution when anthropogenic
greenhouse gases started their unprecedented growth
phase.
The geothermal method of temperature
reconstruction
The geothermal method of temperature reconstruction is
most easily understood in terms of the one-dimensional
heat diffusion equation,

@Tðz; tÞ
@t

¼ a
@2Tðz; tÞ

@z2
; (1)

where T is temperature, z is depth, t is time, and a is ther-
mal diffusivity. Time and depth are scaled nonlinearly
through the thermal diffusivity such that a surface temper-
ature change at time t prior to the present is largely cap-
tured within a depth, l, called the thermal length:

l ¼
ffiffiffiffiffiffiffi
4at

p
: (2)

Because the thermal diffusivity of rocks is about

1�10�6 m2 s�1, the majority of the past 100 years of
surface temperature change is stored within the upper
150 m of the Earth; the majority of the last 1,000 years
of surface temperature change is captured in the upper-
most 500 m. Careful analysis of curvature in the upper
few hundred meters of a temperature-depth profile, there-
fore, can be used to reconstruct surface temperature
change over the past millennium (e.g., Huang et al.,
2000; Harris and Chapman, 2001; Beltrami, 2002b; Pol-
lack and Smerdon, 2004).

Useful analytical solutions to Equation 1 for a tempera-
ture-depth profile resulting from simple functional
changes of temperature at the Earth’s surface include the
following (Carslaw and Jaeger, 1959; Lachenbruch and
Marshall, 1986; Chisholm and Chapman, 1992):

(a) Single step DT change in surface temperature at time t
before present,

DTðzÞ ¼ DTerfc
zffiffiffiffiffiffiffi
4at

p

 �

; (3)

(b) Multiple step DT changes in surface temperature at
i
respective times ti before present,

DTðzÞ ¼
Xn
i¼1

DTierfc
zffiffiffiffiffiffiffiffiffi
4ati

p

 �

; (4)

and
(c) A single ramp change in surface temperature starting

at time t before present and with amplitude DTwhen
the temperature log is obtained,

DTðzÞ ¼ 4DTi2erfc
zffiffiffiffiffiffiffi
4at

p

 �

; (5)

where the complementary error function is denoted by
erfc and i2erfc indicates the second integral of the com-
plementary error function.

Interpretations of surface temperature change from the
geothermal method of climate reconstruction are most
confident when curvature in the temperature-depth profile
can be shown to be transient and fully attributable to
a changing surface temperature in the past. Because the
Earth is not homogeneous, phenomena and processes
other than a changing surface temperature can also cause
curvature in temperature-depth profiles. Steady-state
source of curvature includes variations in subsurface ther-
mal conductivity, radioactive heat production, heat refrac-
tion due to topography, and differential solar insolation
due to variations in slope and azimuth. Transient sources
of curvature include: changes in ground surface tempera-
ture (GST) in response to changes in surface air tempera-
ture (SAT), spatial changes in surface temperature
around the borehole caused by temporal variations in
albedo, non-isothermal groundwater flow, precipitation,
and other microclimate effects (e.g., Beck, 1982;
Chisholm and Chapman, 1992; Lewis and Wang, 1992;
Harris and Chapman, 1995; Bartlett et al., 2004).
Chisholm and Chapman (1992) and Harris and Chapman
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(1995) explore the magnitude of many of these effects
quantitatively. While most studies of climate change
inferred from borehole temperature profiles attempt to
select sites that minimize these non-climatic sources of
borehole temperature profile curvature, it is often difficult
to partition curvature between steady-state and transient
sources of curvature. Repeated temperature measurements
in the same borehole can help improve the confidence in
separating and interpreting steady-state and transient
sources of curvature (Davis et al., 2010).
Tutorial
Important elements of the geothermal method of climate
reconstruction are illustrated in Figure 1. First, consider
a ground surface temperature (GST) that is essentially
constant in time (dashed line; Figure 1a). In this case, the
measured borehole profile has no transient curvature and
the surface temperature intercept is equal to the GST
(Figure 1b). However, if the GST is not constant, but fluc-
tuating in some way such that there is a deviation from the
mean GST, it will impart curvature to the subsurface
according to Equation 1 (Figure 1b). For interpretations
of climate change based on temperature profiles, one is
interested in the departures from the background thermal
regime. To highlight these departures, we compute
reduced temperatures expressed as
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where To is the reducing intercept and G is the reducing
gradient. In Figure 1c, the background gradient has been
removed, making the anomalous temperature strikingly
apparent. The transient nature of the anomaly is illustrated
by measuring the borehole temperatures at several times.
The three temperature-depth profiles marked I, II, and III
in Figures 1b and 1c were measured at three different
times shown by the solid triangles in Figure 1a. Cooling
from 1915 to 1955 creates a negative transient in the
1955 log I. Surface warming since 1955 results in
warming features in the temperature-depth logs II and III
that propagate deeper with time. This example also illus-
trates the low-pass smoothing of thermal diffusion. While
trends in subsurface curvature can be related to trends in
GST, individual annual means are not apparent. Further,
the magnitude of GSTchange is much better resolved than
the timing of the change, consistent with the physics of
diffusion (Chisholm and Chapman, 1992).

Because SATs represent the gold standard of tempera-
ture change, and because climatic proxies such as tree
rings are empirically calibrated to SATs, a final step is
often taken whereby derived changes in GST are related
to SATs. Many borehole temperature-depth profiles are
located in areas where SAT records exist and the combina-
tion of datasets offer additional information about surface
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temperature change. Techniques to compare or use bore-
hole temperatures with surface records include overlaying
a GST reconstruction on an appropriate SAT curve (e.g.,
Huang et al., 2000) or using an appropriate SAT curve as
a forcing function and comparing the resulting transient
temperature-depth curve to a reduced temperature profile
(e.g., Harris and Chapman, 2001). In this second tech-
nique, the best-fitting initial temperature, sometimes
called the pre-observational mean (POM; Chisholm and
Chapman, 1992; Harris, 2007), is found by minimizing
the fit between the reduced temperatures and the synthetic
transient calculated from the SAT time series. An obvious
uncertainty in this step is the nature of coupling between
air and ground temperatures. Regional comparisons at
the centennial timescale generally show good agreement
between changes in air and ground temperature (Huang
et al., 2000; Harris and Chapman, 2001; Beltrami,
2002b; Pollack and Smerdon, 2004). Modeling studies
using General Circulation Models allow comparisons
between changes in air and ground temperatures at longer
timescales and also suggest good agreement between
these measures (Gonzalez-Rouco et al., 2003, 2006).
Questions regarding changes in the relationship between
air and ground temperatures have prompted detailed
investigations often in combination with other meteoro-
logical parameters (e.g., Smerdon et al., 2003, 2004,
2006; Bartlett et al., 2006; Chudninova et al., 2006;
Stieglitz and Smerdon, 2007). These studies have found
that variations in air and ground temperatures generally
track each other over the time period of study.
A global geothermal climate change database
An archive of borehole temperature profiles at 862 sites
(Huang et al., 2000) suitable for studying climate change
has been compiled at the University of Michigan. Individ-
ually, the boreholes exhibit many characteristics of the
meteorological record of climate change: hemispheric
scale variation, regional variation, local effects, and noise.
Collectively, however, borehole temperatures show clear
evidence of significant twentieth century warming and
a potential for inferring longer-term climate change
(Huang et al., 2000). Figure 2a shows a histogram of the
number of boreholes in the global climate borehole data-
base with temperature observations to a given depth.
Boreholes at all 862 sites extend to at least 200 m depth,
one criteria for inclusion in the archive. Half of the bore-
holes are deeper than 350 m but fewer than 10% extend
more than 600 m into the subsurface. The depth distribu-
tion of boreholes is important because the depth of bore-
hole temperature anomalies is related to the timing of
surface temperature changes (Equation 2), as shown in
Figure 2b. The resolution of borehole temperature mea-
surements can generally resolve a surface temperature sig-
nal that is greater than 5% of the surface temperature
change. Figure 2b shows that to reconstruct past surface
temperature adequately for the entirety of the last
millennium, temperature-depth measurements must be
collected over at least 500 m. In practice, these records
must be deeper than 500 m so that the background thermal
gradient and surface temperature intercept can be ade-
quately estimated (Equation 6).

Temperature-depth profiles
An ensemble of climatically perturbed temperature-depth
profiles from India (Roy et al., 2002) is shown in
Figure 3a. The boreholes are from the north-central cli-
matic province of India. The first-order effect shown in
these profiles is the general increase in temperature with
depth, consistent with an upward flux of heat toward the
Earth’s surface. The deepest part of the borehole tempera-
ture profiles has a constant background thermal gradient.
Figure 3b shows the reduced temperature profiles where
the background gradient and surface temperature intercept
have been removed (Equation 6), illustrating the transient
temperature departures in the uppermost 200 m of the
boreholes. The transient departure from a steady-state
background signal is most consistent with a ramp change
of amplitude�0.3–3.8�C starting 27–295 years ago. This
example is notable because it shows the predominantly
warming signal shown in ground temperatures consistent
with surface temperature warming over the past two cen-
turies, as well as the site-specific climatic conditions
recorded in subsurface temperatures.
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Repeat temperature logs
The regional analysis of Davis et al. (2010) employed
multiple repeat temperature-depth profiles from three indi-
vidual boreholes in northwestern Utah over nearly 30
years to provide observational constraints for understand-
ing the relationship between ground and air temperatures.
A key part of the study was to calculate and compare syn-
thetic temperature profiles from nearby SAT records to the
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observed temperature profiles. The synthetic profiles
closely fit observed temperature-depth profiles and match
both the amplitude and pattern of subsurface transient
changes. Further, forward modeled ground temperatures
and differences between temperature logs isolate transient
variations and indicate that the observed profiles can be
ascribed to changes in GST (Davis et al., 2010). Such
observations of transient temperatures in boreholes offer
strong support for using GST histories to complement
SAT data and multi-proxy reconstructions in climate
change studies.

Temperature reconstruction analysis
Several groups have used boreholes to analyze past tem-
peratures on both regional (e.g., Lachenbruch and
Marshall, 1986; Beltrami and Mareschal, 1991; Chisholm
and Chapman, 1992; Harris and Chapman, 1995; Roy
et al., 2002; Davis et al., 2010) and global (e.g., Huang
et al., 2000; Harris and Chapman, 2001; Beltrami,
2002b) scales. The temperature reconstruction of Huang
et al. (2000) utilized the global database and a Bayesian
estimation technique, similar to the functional space inver-
sion of Shen and Beck (1991). The method parameterized
the reconstruction into century-long rates over the past
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500 years, resulting in a 1.1�C increase over the entire
period (Huang et al., 2000). Further analysis of this dataset
partitioned the borehole into both hemisphere and conti-
nental reconstructions. Huang et al. (2000) found that
warming was greatest in the Northern Hemisphere, and
greatest in the twentieth century.

Another analysis used a Northern Hemisphere subset of
the global database (Harris and Chapman, 2001) to obtain
an average reduced temperature profile (Figure 4). The
surface temperature record was then used as the forcing
function, calculating the best-fitting synthetic profile. This
process requires determination of a baseline or POM tem-
perature prior to the beginning of the surface temperature
record (Chisholm and Chapman, 1992; Harris, 2007).
The result, which combined the POM and the instrumental
surface temperature record, indicated that there was
approximately 1�C of ground warming over the past
100–200 years (Harris and Chapman, 2001), consistent
with proxy methods of paleoclimate reconstruction (e.g.,
National Research Council, 2006, and references therein)
and comparable to other borehole analyses (Huang et al.,
2000; Beltrami, 2002b).
Summary
Temperature-depth profiles measured in boreholes can be
an important record of surface temperature change and can
be summarized as follows:

1. Thermal diffusion results in low-pass filtering of
changes in surface temperature trends to be related to
subsurface curvature. Unfortunately, annual means
are not apparent. Further, the depth distribution of
borehole temperature anomalies is related to the timing
of surface temperature changes.

2. Both globally and regionally, ground temperatures
show a predominantly warming signal consistent with
surface temperature warming over the past two
centuries.

3. Repeated temperature measurements in the same bore-
hole can help improve the confidence in separating and
interpreting steady-state and transient sources of
curvature.

4. Geothermal climate change reconstruction techniques
show approximately 1�C of ground warming over the
past one to two centuries, consistent with proxy
methods of paleoclimate reconstruction.
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Definition
GPS, Global Positioning System, is a US satellite-based
navigation system which can accurately determine posi-
tion, velocity, and time in a common reference system,
anywhere on or near the Earth on a continuous basis.

Satellite positioning
Point positioning
Satellite-based point positioning consists in determining
the 3-dimensional position (X, Y, Z ) of a receiver, using
the radio signals emitted by a number of satellites with
known position. The receiver, mostly located on the Earth,
measures the travel time t of the radio signal. Then it
reconstructs the distance D between the receiver and the
satellite by multiplying the travel time t by its velocity.
In the ideal case, neglecting the influence of the Earth’s
atmosphere, radio signals travel with the speed of light c
(299,792,458 m/s) and the distance reads D = t. c.

Because the receiver and satellite clock are not per-
fectly synchronized, the measured travel time is corrupted
with synchronization errors causing an error on the mea-
sured distance with respect to the true satellite-receiver
distance. The unknown synchronization error dT between
the satellite clock and the receiver clock becomes then the
fourth unknown the receiver has to determine, next to the
three-dimensional (X, Y, Z ) receiver position.
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Consequently, to solve this problem with four unknowns,
at least four satellites have to be tracked simultaneously.

Relative positioning
Differential or relative satellite positioning is a technique
developed to improve the accuracy of satellite point posi-
tioning by combining the measured travel time at different
receivers. The basic principle consists in reducing the
biases at a “remote receiver” using measured biases at
a fixed “reference receiver” with known coordinates. This
allows removing the errors common to the travel times
measured at both stations. The position of the remote
receiver (or the baseline vector) is then determined relative
to the reference receiver. The corrections may be used in
real time or later, using post-processing techniques. The
remote receiver can be stationary or moving.

System description
Introduction
Development work on the NAVSTAR/GPS (Navigation
by Timing And Ranging/Global Positioning System)
started in 1973, when the US Department of Defense
(DoD) applied its technical resources to develop a highly
accurate, space-based navigation system to replace the
TRANSIT system. For background to the development
of the GPS system, the reader is referred to Parkinson
(1994).

The first GPS satellite was launched on February 22,
1978, and GPS Full Operational Capability (FOC) was
declared in July 1995 (US Coast Guard, 1995). FOC status
means that the systemmeets all the requirements specified
in a variety of formal performance and requirements doc-
uments. The system consists of three major segments:
a space segment, satellites that transmit radio signals;
a ground segment, ground-based equipment to monitor
the satellites and update their signals; and a user segment,
equipment which passively receives the satellite signals
and converts satellites signals into position and navigation
information.

Satellites, signals, and system time
The GPS is designed as a constellation of 24 satellites dis-
tributed among 6 orbital planes of which the inclination
with respect to the equator is 55�. The orbital planes have
a radius of 26,600 km. Each satellite makes two complete
orbits each sidereal day. With this constellation, one can
always see minimum four satellites from any point on
the Earth. In the original GPS design, the satellite signal
consists of

 The L1 and L2 carrier waves, with a respective wave-
length of 19 and 24 cm

 Information, encoded in the form of binary bits on the
carrier signals by a process known as phase
modulation:
 The Coarse/Acquisition code or C/A, which is freely

available to the public, is a binary code sequence
which repeats every 1 ms. It is transmitted on the
L1 carrier at 1.023 Mbps (million bits per second)
using a Binary-Phase Shift Keying (BPSK) modula-
tion technique. The “chip length,” or physical
distance between binary transitions (between digits
þ1 and �1), is 293 m. Each satellite has a different
C/A code, so that it can be uniquely identified.

 The Precision code or P-code is transmitted on both
the L1 and L2 frequencies at 10.23 Mbps with
a chip length of 29.3 m and using the same BPSK
modulation technique. The P-code repeats every
7 days, and like for the C/A code, each satellite has
a unique P-code. Whereas C/A is a courser code
appropriate for initially locking onto the signal, the
P-code is designed for more precise positioning.
The P-code is also not classified, but since January
31, 1994, a process called “Anti-Spoofing” encrypts
the P-code in order to prevent an enemy to imitate the
GPS signal. To that end, the P-code was modulated
with the W-code, a special encryption sequence, to
generate the Y-code.

 The navigation message is modulated at 50 bit/s on
the L1 wave on top of both ranging codes. It is sent
in blocks of 1,500 bits (taking 30 s to transmit).
One message block is subdivided in three parts or
five subframes. The first part, or first subframe, con-
tains GPS date and time, plus the satellite’s status
and an indication of its health. The second part,
consisting of the second and third subframe, contains
orbit parameters (often called the “broadcast ephem-
eris”) and allows the receiver to calculate the position
of the satellite in the earth-fixed WGS 84 system
(ICD-GPS-200C, 2000). The last part, consisting of
the fourth and fifth subframe, are partly for military
use, but also contain information on the ionosphere
(8 coefficients of the Klobuchar model, see
Klobuchar (1986)), UTC data (Universal Time
Coordinated), and the almanac data part. The
almanac data contain information and status
concerning all the satellites, their locations, and
PRN numbers. The first and second parts are identi-
cal in all transmitted 30-s blocks. The third part dif-
fers as it contains only 1/25 of the entire almanac.
Hence, to receive the almanac of the entire constella-
tion, a total of 25 blocks must be received, which
takes 12.5 min.

The GPS signal is transmitted with enough power to
ensure a minimum signal power level of �160 dBW at
the Earth’s surface. The orientation of the satellites is
always changing, such that the solar panels face the sun,
and the antennas face the center of the Earth. More details
on the GPS signals can be found in GPS Signal Specifica-
tions from the US Coast Guard (GPS-SPS, 1995). For
a full description on the generation of the navigation mes-
sage, we refer to the GPS Interface Specification (IS-GPS-
200D, 2004).

New demands on the existing GPS system pushed for
a gradual modernization. Within that frame, different
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generations of GPS satellites have been developed, where
the newer generations contain new satellite signals not
present in the original design:

 Block I (no more operational): satellites launched
between 1978 and 1985, with an average lifetime of
8–9 years.

 Block II and IIA: launched after 1985, these satellites
are able to voluntary degrade the signals and have
a typical lifetime of 7.3 years. They contain two cesium
and two rubidium atomic clocks.

 Block IIR: launched after 1996, they have a lifetime of
10 years. They contain three rubidium atomic clocks.

 Block IIR-M: launched since 2005, these satellites
transmit a second civil signal L2C on the L2 frequency
and the military M signal on the L1 and L2 frequencies.
The L2C signal aims at improving navigation accuracy,
providing an easy to track signal, and acting as
a redundant signal in case of localized interference.
The satellites contain three rubidium atomic clocks.

 Block IIF: first launch scheduled for May 2010, the sat-
ellites will emit a new L5 civil signal providing
a second safety-of-life signal that meets the technical
requirements for enabling aircrafts to make precision
landings in high multipath environments. Future
launches of satellites with L5 capability will continue
throughout the coming years until a full constellation
of 24 satellites emitting L5 will be available by 2018.
The satellites will carry four atomic clocks (cesium
and rubidium).

 Block III: first launch scheduled for 2014, will carry
a new L1C civil code which will be transmitted on L1
in addition to current signals. This seeks to maximize
interoperability with Open Service signal of the Euro-
pean Galileo satellite navigation system. Further,
Japan’s Quazi-Zenith Satellite System (QZSS) will
transmit a signal with virtually the same design as
L1C. More background on the L1C signal can be found
in Betz et al. (2007).

GPS system time is a paper clock based on the atomic
clocks in the GPS ground control stations and the GPS sat-
ellites themselves. The GPS Control Segment maintains
GPS system time to within 1 ms of UTC(USNO) (ICD-
GPS-200C, 2000), which is the realization of the UTC
kept by the USNO (United States Naval Observatory,
Washington, USA). However, GPS system time is contin-
uous and does not follow the UTC leap-seconds. UTC
(USNO) itself is kept very close to the international bench-
mark UTC as maintained by the Bureau International des
Poids et Mesures, in Paris.
GPS ground instrumentation
High-end GPS ground instrumentation generally consists
of an antenna with hemispherical radiation pattern,
connected to a receiver through a coaxial cable. GPS
devices for the consumer market generally use small inte-
grated antennas, resulting in a single portable device. For
fixed GPS stations, portability is not an issue, but perfor-
mance in terms of accuracy is. Consequently for this appli-
cation, better, but larger, antennas and more complex, but
more power consuming, receivers are used. Only the high-
end instrumentation relevant for scientific use is discussed
in this entry.

Antenna
Most GPS antennas in consumer electronics solely receive
the primary L1 frequency. As a second frequency, how-
ever, allows for, e.g., correction of ionospheric delays
which was already intended in the original system design
(Spilker, 1978), antennas for high-precision positioning
will receive on both L1 and L2. Typically, these high-
precision antennas will be mounted on locations with clear
sky view in order to be able to track as many satellites as
possible. This implies that the cable connecting the
antenna to the receiver, somewhere inside a building, will
have a length of several meters. To compensate for the sig-
nal loss in this cable, most high-precision antennas have
a built-in Low Noise Amplifier (LNA). In most cases,
the LNA is fed by a dc voltage put on the antenna cable
by the receiver.

As the fields emitted by the satellites are Right Hand
Circularly Polarized (RHCP) (IS-GPS-200D, 2004), any
antenna capable of receiving this polarization is able to
receive the GPS signals. This can be wire antennas, such
as helix antennas or crossed dipoles (e.g., the Dorne
Margolin antennas included by many manufacturers), or
circular patches.

In many cases, choke rings are added to the antenna in
order to suppress the reflections (also known as
multipath). These choke rings are cavities with a depth
of approximately a quarter of a wavelength. As
a consequence, multipath waves, generally coming in
from the back side of the antenna, will partly reflect in
the cavities. These reflected waves will cancel out with
the multipath waves which did not enter the cavity, thanks
to a difference in path length of half a wavelength. This
working principle is illustrated in Figure 1. The concept
of choke rings was first introduced by Jet Propulsion
Laboratory (Tranquilla et al., 1989).

As the choke ring is typically a narrow band design, its
performance can never be perfect on both L1 and L2 fre-
quencies. Therefore, many design improvements such as
dual depth choke rings (Zhodziskhky et al., 1998) were
proposed. Another problem linked with the antenna being
multiband is the considerable variation of the phase center,
which is the physical point where the signal is received.
Fortunately, this can be measured and compensated for
through an appropriate calibration procedure (Cohen and
Parkinson, 1991).

Receiver
A generic GPS receiver consists of a Radio Frequency
(RF) part that demodulates the messages transmitted
by the GPS satellites, and a positioning part that, based
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on the information received from the RF part, determines
the position of the user.

Most GPS receivers allow storage of some variables
(such as position and speed), and status information (such
as system errors), and observables (such as code and phase
measurements) in log files for further processing, mostly
on removable memory cards. In combination with battery
feeding, this should allow for autonomous operation for
several days.

The RF block in the receiver demodulates the radio sig-
nals of all satellites in view. These signals are received by
a single antenna, meaning that the receiver essentially gets
a signal from the antenna that is the sum of all satellite sig-
nals. The receiver will hence use Code Division
Multiplexing (CDM) techniques to extract the messages
from the different satellites out of the single received sig-
nal (Braasch and Van Dierendonck, 1999). To do so, the
receiver duplicates the antenna signal into several identi-
cal copies. Each of the identical copies will be sent into
a different channel of the receiver. In every single channel,
a signature from a different GPS satellite will be sought
for, and the navigation message and the propagation delay
of this satellite will be extracted. For cost reasons, this
duplication is performed after down conversion of the
original signal to a lower Intermediate Frequency (IF)
and digitization with an Analog to Digital Converter
(ADC). Indeed, a digital signal can easily be copied to
feed the distinct channels. Contemporary receivers have
about 100 such channels.

Using a trial and error procedure by varying Doppler
shift, carrier phase, and PRN time delays, the following
steps are performed in each of the channels. The first step
consists in removing the carrier by a numerical (digital)
mixing of the IF signal with an internally generated carrier.
The remaining signal only contains the PRN code and data
bits. This signal is correlated with the satellite-specific
PRN code generated by the receiver for varying time
delays. In Figure 2 the correlation with the received signal
as a function of the time shift of the internally generated
PRN is shown. Once the correlation of the internally
generated replica of the PRN and the received signal suc-
ceeds, the Doppler shift, carrier phase, and code time
delay of a certain satellite signal is determined. The chan-
nel is then said to be locked on to that specific satellite.
Else, another PRN is tried.

Obviously, the more stable the receiver internal clock
(mostly a quartz crystal) is, the more accurately the
Doppler shift, carrier phase, and code delay can be deter-
mined. However, due to systematic errors, the timescale
of the receiver’s clock deviates from the GPS timescale.
If the difference between both approaches 1 ms, the
receiver’s time is resynchronized to the GPS timescale,
resulting in a time jump, but assuring time correspondence
of measurements from different receivers. In addition, sig-
nal noise and noise in the channel control loops will cause
minor errors in the determination of these variables. These
errors, referred to as measurement noise will limit the pre-
cision of the position determination.

Only the PRNs of the C/A code, sent on L1, are pub-
licly known. The encrypted Y-code’s PRNs cannot be
generated by the civil GPS receivers. Consequently, the
civil receivers cannot receive the messages that were
encoded with the military CDM. However, as the Y-code
is sent on both L1 and L2, techniques of cross-correlating
the signals on both frequencies are used to still allow
determination of difference in arrival time of the P-code
ay both frequencies (Woo, 1999).

If the channel is locked to a satellite, the correlation
between the received satellite and the internally generated
PRN code sequence will be strong. Then, in order to
decode the navigation message, the sign of this correlation
is investigated. If the correlation is strongly positive, a 1
was sent by the satellite; if it is negative, a 0 was sent. This
way, the bits sent by the satellite can be demodulated. The
demodulated navigation message, together with the
Doppler shift, carrier phase, and pseudo range of the chan-
nel are then passed to the positioning block that will com-
bine all information from all channels to determine the
receiver’s position. Besides using the information from
the RF block, the positioning block of most contemporary
receivers can also take into account signals from correc-
tion streams from neighboring GPS receivers (see Sect.
Positioning Modes) or inertia sensors.

Measurements
The basic principle of the GPS measurement is that the
GPS receiver determines for each satellite the time shift
between the signal emission time and the signal reception
time (see the “Receiver” part for more details). By multi-
plying this time difference with the signal travel speed,
the distance between the GPS receiver and emitting
antenna of each locked satellite can be reconstructed. As
will be shown later, this measured distance does not corre-
spond with the geometric distance separating the receiver
and satellite, and is therefore called “pseudo range.” As
already outlined in the Sect. Receiver, two main types of
measurements can be done by the RF block of the GPS
receiver:
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 Range observations, based on the time shift of the inter-
nally generated PRN codes, also called “pseudo-range”
measurements.

 Carrier phase observations, based on the phase shift in
the numerical IF mixing step in each receiving channel.
They are more precise than the pseudo-range type mea-
surements, but have a much higher degree of “ambigu-
ity” than the code ranges.
Code pseudo-range model
The GPS code pseudo-range Pk

i measurement at receiver i
to satellite k can be expressed according to the following
simplified equation (Wells et al., 1987):

rki ¼ rki þ c: dti � dtki
� 	þ Iki þ Tk

l þ ekPi (1)

where rki is the geometric range from receiver i to satellite
k, dti and dtki are, respectively, the receiver and satellite
clock offsets from GPS system time, while I ki and Tk

i take
respectively into account the effect of the ionosphere and
troposphere on the signal. Finally, ekPi stands for the mea-
surement noise components, including multipath.

Using Pythagoras Theorem, we know that

rki ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
xk � xið Þ2 þ yk � yið Þ2 þ zk � zið Þ2

q
(2)

with xi
!¼ xi; yi; zið Þ and xk

!
¼ x k ; y k ; z k
� 	

resp. the
receiver and satellite positions (at signal transmission
time).
For positioning or navigation purposes, the user wishes
to determine the receiver position xi

!. As Equation 2 is
a nonlinear equation, it is linearized around the a priori
receiver position xi0

�! ¼ xi0; yi0; zi0ð Þ:

Pk
i ðtiÞ ¼

xi0 � x k
� 	

rki0
dxi þ

yi0 � y k
� 	

rki0
dyi

þ zi0 � x k
� 	

rki0
dzi þ c: dti � dtki

� 	

þ I ki þ Tk
i þ ekPi

(3)

where (dxi, dyi, dzi) denotes the deviation of the unknown
receiver position with respect to its a priori value and rki0
denotes the geometric range from receiver i to satellite k
computed using the a priori receiver position.

For most applications, the satellite position xk
!

and
clock synchronization error dtki can be considered as
known. This leaves the following unknowns (dxi, dyi,
dzi, dti) in Equation 3. As previously mentioned, a mini-
mum of four GPS satellites has to be observed simulta-
neously to solve for these four unknowns.

Carrier phase model
The GPS carrier phase jk

i measured at receiver i to satel-
lite k can be modelled according the following simplified
equation (expressed in [m]):

fk
i ¼ rki þ c: dti � dtki

� 	þ lNk
i � Iki þ Tk

i þ ekfi (4)
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This equation differs from the pseudo-range

(Equation 1) as follows:

Nk
i , the initial cycle ambiguity: an integer associated with
the first measurement (fractional phase) of a satellite
track (or after a tracking interruption). After the initial
measurement (and as long as there is no tracking inter-
ruption), the receiver keeps track of the cumulative
phase differences reflecting the changes in distance to
the satellite.

l, the wavelength of the carrier wave (L1, L2 or any of
their linear combinations, see Dach et al., 2007).

ekfi, the measurement noise of the phase observable,
including phase multipath.

But this equation can be linearized in exactly the same
way as the code pseudo-range equation (Equation 1).

Remarks
The following comments can be made with regard to
Equations 1 and 4:

– These equations are generic and several of the terms in
the equations differ depending on the observed code
pseudo-range (C/A, P1, or P2) or carrier phase (L1 or
L2) signal.

– High-end GPS receivers are programmed to measure
GPS satellites simultaneously at the epoch ti (e.g., at
the full second). Even if the reception times are identi-
cal, respective signals leave the satellites at slightly dif-
ferent times because the satellite-receiver distances
differ. The signal transmission time tki corresponding
to the reception time becomes thus receiver-dependent
(hence the use of the double index).

– The receiver clock error is identical in all simultaneous
measurements at receiver i from all satellites.

– Using simultaneous code pseudo-range measurements
to at least four satellites, the absolute position of
the receiver can be computed rather straightforward.
This is not possible when using carrier phases as the
initial cycle ambiguity is an additional satellite-
receiver-dependent unknown which has to be dealt
with.

– Note the different sign for the ionospheric effect in
Equations 1 and 4. The ionosphere, being a dispersive
medium, acts differently on the group velocity (code)
than the phase velocity and is consequently delaying
the code measurements while it advances the phases
(Leick, 2004).

Single and double differences
For relative positioning between two stations (i, j), the
observations made simultaneously to the same satellite k
are differenced:

DPk
ij ffi Pk

i � Pk
j

¼ Drkij þ c:Ddtij þ DIkij þ DTk
ij þ Dekpij

(5)
k k k
Djij ffi ji � jj

¼ Drkij þ c:Ddtij � DI kij þ DTk
ij þ lDNk

ij þ Dekfij
(6)

Dð:Þkij denotes the single difference. Note that the satellite
clock difference errors are eliminated from Equations 5
and 6. If in addition, the difference between the single dif-
ferences to two satellites k and l is taken, then the so-called
double differences are constructed (indicated with Dð:Þklij ):

DPkl
ij ffi DPk

ij � DPl
ij ¼ Drklij þ DI klij þ DTkl

ij þ Deklpij
(7)

k k l
Djij ffi Djij � Djij

¼ Drklij � DI klij þ DTkl
ij þ lDNkl

ij þ Dekljij
(8)

where the receiver clock difference errors, which are the
same for both single differences, are also eliminated.

Although the use of single and double differences has
many advantages (see Sect. Errors and Biases), the
differencing process increases the measurement noise
level by

ffiffiffi
2

p
for each difference and introduces correla-

tions between the differenced equations. These correla-
tions can, however, be taken into account using the
procedure developed in Beutler et al. (1986).

The double difference integer ambiguity DNkl
ij in Equa-

tion 8 plays an important role in accurate positioning,
using carrier phase double differences. When the ambigu-
ity is estimated together with the other parameters as a real
number, a so-called “float solution” is obtained. If the esti-
mated ambiguities can, however, be successfully
constrained to their integer value, then an “ambiguity-
fixed solution” is obtained. This process of estimating
ambiguity parameters, and then selecting the likeliest inte-
ger values, is known as “ambiguity resolution.” Once the
L1 and L2 ambiguities are resolved, and can thus be
removed from the Equation 8, the double differenced
phase observations become precise pseudo-range
observations.

Errors and biases
Introduction
GPS measurements are corrupted by biases (measurement
errors that cause true ranges to be different from measured
ranges by a “systematic amount”) and errors (internal
instrument noise or residual biases) which limit the posi-
tioning accuracy. Three groups of GPS errors and biases
are generally distinguished: receiver-dependent, satellite-
dependent, and signal propagation errors.

Receiver-dependent errors
Measurement noise
The measurement noise is included in the terms ekPi and ekfi
within the code pseudo-range (Equation 1) and carrier phase
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(Equation 4) measurements. Without biases contaminating
the measurements, low measurement noise is expected to
result in high accuracy positioning. A “rule-of-thumb” (Wells
et al., 1987) states that themeasurement noise is at the level of
1%, or better of the wavelength (or chip length) of the signal.
In the case of code pseudo ranges, this results in
a measurement noise of 3 m for the C/A code and 0.3 m for
the P-code. With their shorter wavelength, carrier phase mea-
surements are less noisy implying millimeter noise for carrier
phase measurements.

Receiver clock errors
GPS receivers are equipped with relatively inexpensive
quartz crystal oscillators. The receiver clock error dti con-
taminates all satellite-receiver ranges. As mentioned in
“The code pseudo-range model”, the solution to this prob-
lem is to treat the clock error as an additional parameter in
the code pseudo-range estimation procedure. This allows
estimating the receiver clock error with a precision of
10�8 to 10�7 s which is in addition satisfactory to access
the exact measurement epoch of both code and phase
measurements. An alternative strategy uses single or
double differences see (Equations 5–8) to eliminate the
receiver clock errors dti.

Antenna-specific errors
The precise point whose position is measured by a GPS
receiver is the electrical phase center of the GPS receiver’s
antenna which is not the physical center of the antenna.
The phase center will change with the changing direction
of the signal from a satellite. The a priori receiver position
xi0
�! has to be corrected for this effect. This behavior is dif-
ferent for each antenna, and modelling it requires precise
antenna calibrations (Mader, 2001; Görres et al., 2006;
Schmid et al., 2007). GPS antenna calibrations consist of
two parts: (1) an average phase center offset with respect
to a physical feature of the antenna and (2) the phase cen-
ter variation (PCV) with respect to the satellite elevation
angle and azimuth. Ignoring these phase center variations
can lead to serious (up to 10 cm) vertical positioning
errors. Even if the antenna calibrations have submillimeter
accuracy, the access to absolute high-precision positioning
is still limited by site-specific near-field multipath errors
(Elósegui et al., 1995) which can introduce systematic
biases up to 1–2 cm, mostly in the estimated height
component.

Multipath effects, included in terms ekPi and ekji in
respectively Equations 1 and 4, are propagation errors
arising from the interference of the direct signal by
reflected signals from water or metallic surfaces or nearby
buildings. The combined direct and reflected signals will
give rise to incorrect pseudo-range or phase measure-
ments. Low-elevation signals are more susceptible to
multipath effects than those at high elevations. The size
of pseudo-range multipath can reach 10–20 m on the
C/A code (Evans, 1986), while for the carrier phases, it
can have a maximum value of a quarter of a cycle (4.8
cm for L1) (El-Rabbany, 2002).
Using specific antenna design (see Sect. Ground Instru-
mentation), careful antenna mounting, and advanced
signal processing to filter out multipath integrated in the
receiver, can reduce the multipath errors. Using differenced
code or phase observables will not remove the effect of
multipath as the effect is receiver and satellite-dependent.
However, when using stationary receivers, an appropriate
multipath mitigation can be implemented by taking advan-
tage of the multipath time correlation due to the repeating
satellite ground tracks (Wu and Hsieh, 2010).

Cycle slips
If the receiver loses lock on a satellite signal, due to, e.g.,
obstructions or interference, then the carrier phase observ-
ables might suffer from cycle slips. These cycle slips are
jumps in the carrier phase measurements caused by the fact
that when signal lock is reacquired, the integer initial cycle
ambiguity Nk

i of the phase observable will be re-initialized.
Cycle slips can occur independently on L1 and L2.

The detection and repair of cycle slips (Kim and
Langley, 2002) is an important carrier phase data
preprocessing step. Each time the software will detect
a cycle slip, the cycle slip will be repaired (to restore the
continuity of carrier cycle count) or a new integer initial
ambiguity Nk

i will be setup (Jonkman and De Jong, 2000
and Dach et al., 2007). If this is properly done, the cycle
slips are not contributing to the error budget anymore.

Satellite-dependent biases
Orbit and satellite clock errors
Computing the a priori geometric range, rkoi (Equation 3)
implies known satellite position. The navigation message
broadcast by the GPS satellites provides the user in real-
time information on the satellite position and clock error.
Following the International GNSS Service (http://igscb.
jpl.nasa.gov/), the accuracy of the broadcast orbits is at
the 1-m level while the satellite clock error is given at the
5 ns level. The effect of the satellite orbit and clock errors
(dtki in Equations 4 and 6) propagates directly into the point
position results and amplifies the positioning error.

In the case of relative positioning, the orbit errors dr
(in m) propagate into errors db (in m) in the coordinates
of a baseline of length b following the rule of thumb of
Bauersima (1983): jdbj

b ¼ jdrj
r where r is the receiver–

satellite distance (in km), typically 20,000 km. So, for
a receiver inter-distance (or baseline length) of 100 km
and an orbit error of 1 m, the error on the baseline compo-
nents will be of the order of 0.5 cm. Following Beutler
(1996), the Bauersima rule is a bit too pessimistic and
actually gives mainly an approximation for the propaga-
tion of the orbit errors on the estimated height component.
For the horizontal component, the error can be divided by
a factor of three.

Precise GPS positioning (see GPS, Tectonic Geodesy)
requires orbits with a higher precision than the ones pro-
vided in the broadcast navigation message. For that pur-
pose, the International GNSS Service (IGS, see Geodesy,
Networks and Reference Systems) uses the tracking data
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from a worldwide GPS network to generate the most pre-
cise satellite orbits and clocks related to the International
Terrestrial Reference system (ITRS). Their accuracy
depends on their latency (Dow et al., 2009) but typically
varies between 2.5 and 5 cm for the orbits and �75 to
150 ps for the satellite clocks.

Antenna-specific errors
Each GPS satellite has a transmitting antenna which, like
the receiver antenna, also has a phase center which
changes with elevation angle and is influenced by the local
environment around each satellite. The scientific commu-
nity, mainly driven by the International GNSS Service, has
made considerable efforts to accurately determine the sat-
ellites antenna phase center offsets and variations (Schmid
et al., 2007). The correct location of this phase center with
respect to the satellite’s center of mass is critical for accu-
rate orbit determination.

Signal propagation biases
When travelling from the GPS satellites to the receiver on
Earth, the radio signals cross and interact with the Earth’s
atmosphere. The two atmospheric layers that influence the
most the propagation of the GPS signals are the tropo-
sphere and the ionosphere. The atmospheric refraction
has consequently an ionospheric I ki and tropospheric Tk

i
component, each with their own spatial and temporal
characteristics.

Ionospheric refraction
The ionosphere is stretching from a height of about 50 km
to more than 1,000 km over the surface of the Earth; it is
named so because it is ionized by the Sun’s ultraviolet
light. When the GPS signals propagate through this
medium dispersion occurs, bending the signal and chang-
ing its velocity (Klobuchar, 1991). The ionosphere speeds
up the propagation of the carrier phase and slows down the
PRN code (as can also be seen in Equations 1 and 4). The
signal bending can be neglected for satellite elevations
larger than 5�.

The ionospheric delay I ki is proportional to the number
of free electrons along the GPS signal path, called the total
electron content (TEC) which varies as a function of the
latitude of the receiver, the season, the time of day, and
solar activity (approximately 11-year cycle). At first order,
the ionospheric delay on the carrier phases reads:
I ki ¼ � 1

cos z
40:3
f 2 TEC, with z the satellite’s zenith distance.

It ranges from about 50 m for signals at the zenith to as
much as 150 m for low-elevation observations.

To reduce the ionospheric effect, a correction (using the
Klobuchar model, Klobuchar, (1986)) is transmitted
within the navigation message. However, it is generally
conceded that the broadcast correction model corrects
only 50–60% of the ionospheric delays, which is consid-
ered as the performance level of the model. For single fre-
quency receivers, the use of the correction model
parameters is often the only option for point positioning.
Another source of information on the behavior of the
ionosphere is provided by the IGS from their Global Ion-
ospheric Maps (GIM) which consist of a global TEC grid
(2,5� lon � 2.5� lat) available at 2-hourly intervals. The
IGS GIM maps have a typical accuracy of 2–8 TEC units
(Dow et al., 2009).

In relative positioning, it has been shown by
Georgiadou and Kleusberg (1988) that the ionospheric
error will induce a baseline shortening dependent of the
baseline length. Following Santerre (1991), the estimated
receiver positions will suffer from scale and orientation
biases. For example, at a midlatitude site using an eleva-
tion cutoff angle of 20�, a horizontal scale bias of �0.63
ppm is incurred for each 1 � 10�7 m�2 of TEC not
accounted for.

As the ionosphere acts as a dispersive medium, the ion-
ospheric delay is frequency-dependent. Hence, if dual-
frequency receivers are available a special combination
of the L1 and L2 signals, called the ionosphere-free
combination L3, can eliminate the first order of the iono-
spheric effect (Beutler et al., 1988a). The ionosphere-free
carrier phase measurement is:

fL3 ¼
f 21

f 21 � f 22
fL1 �

f 22
f 21 � f 22

fL2 (9)

with f1 and f2, respectively, the frequencies of the L1 and
L2 signals, and fL1 and fL2 the carrier phase observables
(converted in m) on L1 and L2. A similar equation can be
derived to construct the ionosphere-free code measure-
ments. Using the ionosphere-free combination removes
99% of the ionospheric error. For applications
requiring the highest positioning precision, the usage of
ionosphere-free differenced observables is the most effec-
tive way of mitigating the ionospheric effect.

Tropospheric refraction
The troposphere is the lower part of the Earth’s atmo-
sphere, and it is the seat of all meteorological phenomenas
(clouds, rain, hydrometeors...). It contains approximately
75% of the atmosphere’s mass and and 99% of its water
vapor and aerosols. The troposphere extends from the
surface of the Earth to less than 9 km over the poles to
16 km over the equator (Lutgens and Tarbuck, 1989).
For radio frequencies below 15 GHz, it is
a nondispersive medium meaning that it delays all GPS
codes and carriers by the same amount so that the effect
cannot be removed by combining observations made on
two frequencies.

The tropospheric refraction delay Tk
i depends on atmo-

spheric pressure, temperature, and water vapor pressure.
In addition, it is the shortest in the zenith direction (2 m)
and increases when going down to the horizon (about
20–28 m for signals at an 5� elevation angle) as the air
mass traversed by the signal increases (Brunner and
Welsch, 1993).

The tropospheric delay consists of a dry and wet com-
ponent. The dry component, which depends on surface
pressure and represents about 90% of the delay, can be
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easily modelled. The most commonly used model is the
Saastamoinen model (1972), which is also recommended
by the IERS conventions (2003). Today, the necessary
pressure values input to the Saastamoinen model can be
derived from numerical weather model data from the
European Centre for Medium-range Weather Forecasts
(ECMWF), see Boehm et al. (2007). The wet component
of the tropospheric delay accounts for the remaining
10% of the delay and depends on the amount of water
vapor along the signal path; it is much more difficult to
accurately model.

Two kinds of troposphere biases can affect relative
positioning (Beutler et al., 1988b): relative and absolute
tropospheric biases. Relative troposphere biases are
caused by errors of (mismodelled) tropospheric refraction
at one endpoint of a baseline relative to the other endpoint,
while absolute ones are caused by errors common to both
endpoints of a baseline. Relative troposphere biases pri-
marily bias station heights. For example, a relative tropo-
sphere bias of only 1 cm leads to an error of
approximately 3 cm in the estimated relative station height
for an elevation cutoff angle of 20�. This error increases
to 19 cm for an elevation cutoff angle of 3�. Absolute
troposphere biases produce scale biases of the estimated
baseline lengths. For example, an absolute troposphere
bias of 10 cm induces a scale bias of 0.05 ppm for an
elevation cutoff angle of 20� and of 0.3 ppm for a cutoff
angle of 3�.

For high-precision applications where mm accuracy is
desired, the tropospheric bias at zenith is parameterized
in the final position solution (see IERS Conventions
(2003)). For that purpose, different mapping functions
(Niell, 2000; Boehm and Schuh, 2004; Boehm et al.,
2006) are used to express the dependency between the
tropospheric delay at zenith and the one experienced at
satellite’s zenith distance.

In addition, as with the ionospheric bias, the tropo-
spheric bias is spatially correlated over distances up to
several tens of kilometers meaning that differential posi-
tioning is an effective strategy for mitigating the effect of
the tropospheric bias on positioning results.

Summary
As we have seen, all biases exceeding the measurement
noise level have a high probability to degrade the accuracy
of the positioning and should therefore be accounted for
somehow. Various strategies have been developed to
account for them:

 They can be estimated as explicit (additional) parame-
ters, e.g., the receiver clock error and the tropospheric
refraction.

 Common-mode biases can be eliminated or mitigated
through combination of observables or datasets, e.g.,
by using of the ionosphere-free observable or relative
positioning to mitigate the ionospheric and tropo-
spheric refraction as well as satellite clock and orbit
errors.
 The biases can be directly measured, e.g., by using
antenna calibrations.

 The biases can be considered known or adequately
modelled, e.g., by using precise satellite orbits and
clocks from the IGS.

 They can be ignored, e.g., the phase multipath error at
moving receivers.

Positioning modes
Two main methods of positioning with GPS exist: point
positioning and relative positioning. In addition, the preci-
sion of the obtained positions depends on the observables
used: code and/or carrier phase data, the interval over
which the data are accumulated before being analyzed,
and the sophistication of the error modelling.

Point positioning
GPS point positioning employs the data from a single GPS
receiver.

Using code pseudo-ranges from at least four satellites,
Equation 1 can be used to compute the instantaneous
receiver position and receiver clock error. With the broad-
cast ephemeris and ionospheric correction, a typical posi-
tion accuracy of 22 m (2D rms) can be achieved using C/A
codes. Typically, code pseudo-range positioning is used
for low-accuracy real-time land, sea, and air navigation.
The distinguishing characteristic of navigation is the
urgency with which positioning information is required.

A more sophisticated method of performing point posi-
tioning uses the ionosphere-free combination of dual-
frequency code and carrier phase observables. It is known
as Precise Point Positioning (PPP) and allows reaching
centimeter-level precision when using long observation
series. Kouba and Héroux (2001) show that to reach this
precision, it is necessary to use the most precise satellite
orbit and clock information (from the IGS) as well as
a sophisticated error modelling. For that reason, PPP is
at the moment mostly implemented in scientific GPS anal-
ysis software such as Bernese (Dach et al., 2007), and
GISPY/OASIS (Zumberge et al., 1997). As PPP elimi-
nates the need to acquire simultaneous tracking data from
a reference station, it has given rise to centralized geodetic
positioning services that require from the user a simple
submission of a valid GPS observation file (see, e.g.,
Ghoddousi-Fard and Dare, 2005). As shown by Bisnath
and Gao (2008), PPP has the potential to become
a positioning technique that could replace the RTK posi-
tioning mode (see next section).

Relative positioning
Relative positioning employs two GPS receivers, a remote
and a reference receiver, simultaneously tracking the same
satellites (minimally four) to determine their relative coor-
dinates (see Sect. Satellite Positioning). It is based on the
ability to eliminate, or significantly reduce, the common
measurement biases across observations made simulta-
neously by GPS receivers see (Equations 5–8 and Sect.
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Errors and Biases). Depending on the accuracy require-
ments, code pseudo-range as well as carrier phase mea-
surements can be used in relative GPS positioning. In
addition, relative positioning can be implemented with
different latencies varying from real-time to post-
processing:

– Carrier-phase-based relative positioning
The basis of high-precision relative positioning is

carrier phase measurements because of their low mea-
surement noise. The problem of processing the
“ambiguous” carrier phase data can be overcome by
collecting sufficient epochs of data (up to 1 h or more)
to ensure ambiguity resolution and strengthen the base-
line solution. The reliability of the ambiguity resolution
depends on:
 Baseline length
 The number of satellites (the more, the better)
 The satellite-receiver geometry
 Whether observations are made on both frequencies

(it is much easier to resolve ambiguities when dual-
frequency observations are available)

 The length of the observation session (the longer, the
better)
Throughout time, GPS ambiguity resolutionmethods

have become more and more sophisticated. The
LAMBDA (Least-squares AMBiguity Decorrelation
Adjustment method by Teunissen (1995)) allows now
even on-the-fly ambiguity resolution using few obser-
vation epochs. This is typically necessary when the
receiver is in motion.

At one extreme, static GPS surveying is the most
precise positioning technique in use today. Observation
times vary between 20 min to a day, depending on the
expected precision, the distance between the two
receivers, the number of visible satellites and the satel-
lite geometry. Measurements are typically taken at
intervals between 10 and 30 s. After completing the
field measurements, the data are processed on a PC
using different processing options depending on, e.g.,
observation time and baseline length. For long base-
lines (>20 km), typically ionosphere-free carrier
phases will be processed. For very long baselines
(>1,000 km), the user will process the data using
high-precision scientific GPS analysis software, e.g.,
GAMIT (Herring et al., 2007) and Bernese (Dach
et al., 2007). In this case, mm to cm precision can be
reached over distances exceeding 1,000 km. Typical
applications are the surveying of crustal or intraplate
deformations (see GPS, Tectonic Geodesy).

At the other extreme, real-time-kinematic (RTK)
GPS is the less precise relative GPS positioning
method based on carrier phases. The main differences
to static GPS surveying is the drastic reduction of the
observation time and the fact that the position of the
remote receiver is often computed in real-time. RTK
can be carried out in real-time if an appropriate com-
munications link (UHF radio modem, satellite link, cell
phone, or other transmission media, cf. Langley, 1993;
Weber et al., 2005) is provided over which the carrier
phase data collected at the reference receiver can be
made available to the remote receiver’s onboard com-
puter. In this way, the remote receiver can generate
the double differences, resolve the initial ambiguities,
and perform the position calculations. Typically, mea-
surements are taken at a 1 Hz rate and initial ambigui-
ties are determined on-the-fly. In order to mitigate as
much as possible the error sources, baselines should
not exceed 10–15 km to reach the expected positioning
precision of the order of 2–5 cm. Cadastre surveying is
one of the applications that uses RTK. More informa-
tion on RTK can be found in Langley (1998).

Other relative positioning modes based on GPS car-
rier phases are rapid static positioning and stop-and-go
surveying (cf. El-Rabbany, 2002). They are lying
between the above-mentioned extremes.

– Code-based relative positioning is mostly known as
real-time Differential GPS (DGPS). There are two
ways to implement DGPS: (1) the fixed reference sta-
tion broadcasts the differences between the measured
pseudo-ranges and actual (internally computed)
pseudo range so that it can correct its pseudo-ranges
by the same amount before determining its position
(method of range corrections); (2) the fixed reference
station compares its known position with its computed
position and sends the difference to the remote receiver
which uses this difference to correct its computed posi-
tion. The correction signal is broadcast using similar
means as uses RTK. Range corrections are the pre-
ferred mode for real-time DGPS navigation. DGPS
can deliver meter-level positioning that typically
ranges between 0.5 and 5 m.

The standard format used to exchange GPS data in real-
time is RTCM 104 (cf. RTCM104, 2009). For the
exchange of GPS data targeting post-processing, the
RINEX format (Gurtner and Estey, 2007) is used.

Conclusion and outlook
GPS positioning is based on measuring the travel times of
radio signals emitted by satellites to a receiver mostly
located on the ground. These travel times can be obtained
by measuring on the precise, but ambiguous, GPS carrier
phases or on the, less precise, GPS PRN codes. By multi-
plying the travel time by the speed of light, the distances
receiver–satellites are reconstructed. Using minimally
four satellites, the receiver can compute its position. Errors
that influence GPS positioning are receiver-related (mea-
surement noise, multipath, receiver clock errors, antenna
phase center variation), satellite-related (satellite orbit
and clock error, antenna phase center variation) or related
to the signal propagation (ionospheric and tropospheric
effect). As a lot of these errors are similar for GPS
receivers distant of a few kilometers, relative GPS posi-
tioning was developed to improve the point positioning
accuracy.



430 GPS, DATA ACQUISITION AND ANALYSIS
GPS is active since the mid-1980s. It has grown from
a purely military navigation system to a scientific tool
allowing today to measure deformations of the Earth’s
crust with millimeter-level precision. Within the next
years, existing Global Navigation Satellite Systems
(GNSS) like GPS and the Russian GLONASS will launch
new types of satellites and provide additional signals
to deliver better accuracy, reliability, and availability of
positioning. Moreover, Europe and China are also
developing their own GNSS, known as Galileo and
Compass, respectively (Gibbons, 2009). All these
signals have the potential to allow even more precise
positioning.
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Synonyms
Crustal deformation
Definition
Earthquake cycle. A conceptual model that explains the
buildup of stress that causes earthquakes through
a period of steady tectonic loading that culminates in sud-
den slip in an earthquake.
Slip deficit. The difference between the slip that has
occurred over a period of time on a fault and the long-term
fault slip rate; the slip deficit is a measure of the accumu-
lated stress available to cause an earthquake on the fault.
Coseismic displacement. The final, static displacement of
the surface caused by slip in an earthquake.
Postseismic displacement. Displacements caused by
postseismic processes, which are transient deformation
processes that follow large earthquakes.
Volcanic inflation. Dilatational deformation caused by
pressurization of a volcanic system.
Glacial isostatic adjustment (GIA). The deformation,
mainly uplift, that results from the removal of glacial sur-
face loads.
Tectonic geodesy
Introduction
Tectonic geodesy uses measurements of changes in the
position of a network of points on earth’s surface to study
motion and deformation of the earth. These motions
mainly result from plate motions, slip on active faults
(including earthquakes), and the pressurization or depres-
surization of magma systems beneath volcanoes, but sig-
nificant deformation can also result from changes in
surface loads such as glacial isostatic adjustment. It is
one of the most important tools for the study of plate
boundary zones, the regions of distributed deformation
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that are commonly found at the boundaries of the major
tectonic plates.

Measurements of change depend on a precise time
series of positions in a stable terrestrial reference system
(see GPS, Data Acquisition and Analysis and Geodesy,
Networks and Reference Systems), and the principal mea-
surement system today is the Global Positioning System
(GPS). GPS is most commonly used because of the rela-
tively low cost of the equipment and its ease of use in
the field, but the same principles apply to positions mea-
sured by any space geodetic technique. Usually, GPS time
series is dominated by steady, linear motion over time, so
site velocities are frequently used to describe site motions.
For sudden or large deformations, especially due to earth-
quake and volcanic activity, measurements of motion from
Interferometric Synthetic Aperture Radar (InSAR) have
also become very important and are complementary to
GPS (see SAR Interferometry).

Although tectonic geodesy has become prominent over
the last couple of decades, the field dates back more than
a century and many of the important conceptual and math-
ematical models relating deformation measured at the sur-
face to sources within the earth pre-date the availability of
precise, modern geodetic data. During the last three
decades, the focus of tectonic geodesy has changed from
measuring motions, assumed to be steady in time, to
a more general representation of time-dependent deforma-
tion. This evolution in theory and practice has resulted
from the steady improvement in precision and accuracy
of the measurements along with the realization that many
processes are not steady in time.
History of tectonic geodesy
Early work in tectonic geodesy dates back more than
a century. The Dutch surveyor J. J. A. Müller reported
ground movements associated with the 1892 Tapanuli
earthquake in Sumatra, which caused changes in observed
angles (Bonafede et al., 1992). H. F. Reid used displace-
ments computed from geodetic surveys conducted before
and after the 1906 San Francisco earthquake as the basis
for the elastic rebound hypothesis (Reid, 1910, 1911).
These observations supported the hypothesis proposed
by G. K. Gilbert a few decades earlier that earthquakes
were the result of a sudden release of strain that had built
up over a long period of time (Gilbert, 1884). Numerous
studies over the succeeding decades used all kinds of ter-
restrial geodetic measurements to document both sudden
displacements due to earthquakes and the slow, steady
deformation between earthquakes. By the 1970s, the US
Geological Survey had begun to make extensive and sys-
tematic terrestrial geodetic measurements for the purpose
of measuring crustal deformation, and similar develop-
ments occurred in Japan and other countries that experi-
enced active tectonics. Because of the limited spatial
scale of the terrestrial measurements, these efforts gener-
ally focused on the deformation associated with individual
faults or fault systems. Although restricted in spatial scale
and coverage, these terrestrial data prompted the develop-
ment of most of the conceptual and numerical models used
in tectonic geodesy today.

Measurement of tectonic motions over large spatial
scales began in the 1980s with NASA’s Crustal Dynamics
Project and related international efforts (e.g., the
WEGENER project in Europe). This work used
a network of fixed (and a few mobile) Very Long Baseline
Interferometry (VLBI) and Satellite Laser Positioning,
Ranging (SLR) stations (see Very Long Baseline Interfer-
ometry and Satellite Laser Ranging), and achieved its
goals of comparing plate motions over a decadal timescale
to geologic plate motions (e.g., Smith et al., 1990; Stein,
1993; Robbins et al., 1993; Robaudo and Harrison,
1993) and measuring deformation across broad plate
boundary zones in North America and the Mediterranean
(e.g., Ma et al., 1990; Gordon et al., 1993; Wilson and
Reinhart, 1993; Gendt et al., 1993). Since the early
1990s, the tremendous expansion of GPS networks has
resulted in a vast data set available to study plate motions
(e.g., Sella et al., 2002) and active deformation of plate
boundary zones (e.g., McCaffrey et al., 2007; Meade,
2007).

Today, data from thousands of GPS stations are avail-
able and used by researchers around the world.
A growing number of these stations also record data from
other Global Navigation Satellite Systems (GNSS), such
as the Russian GLONASS or European Union’s Galileo.
These data come from global and regional networks of
fixed instruments, as well as from survey markers mea-
sured episodically. High-accuracy GPS satellite orbits
are available from the International GNSS Service (IGS),
and the stations that contribute to the IGS tracking net-
work form a reference network that any researcher can
use to determine station positions in the International Ter-
restrial Reference Frame (ITRF) (Altamimi et al., 2007).
Modern studies in tectonic geodesy are based on motions
derived from time series of site positions expressed in the
ITRF, on regional to global scales.
Plate motions
Plate tectonic theory holds that the surface of the earth can
be divided into a set of rigid plates moving relative to each
other (Figure 1), with tectonic activity concentrated on the
boundaries of the plates and caused by the relative plate
motions. The motion of a rigid plate on the surface of
a sphere is a rotation about an axis passing through the
geocenter, described by a single angular velocity vector.
The surface projection of this axis of rotation is called
the pole of rotation, or the Euler pole. Models of plate
motions thus consist of angular velocities of plates relative
to some reference frame, or angular velocities of relative
plate motions. Magnetic anomalies at spreading centers
and transform fault azimuths record the rates and direc-
tions of past relative plate motions, and estimates of cur-
rent plate motions estimated from these data (averaged
over periods of up to a fewmillion years) can be compared



GPS, Tectonic Geodesy, Figure 1 Velocities of geodetic sites illustrate both rigid plate motion and plate boundary deformation.
Velocities are from Argus et al. (2010), in the ITRF2005 reference frame. Black vectors are sites on plate interiors, and illustrate
rigid rotational motion of the plates. White vectors are sites within plate boundary zones, and generally show motions
intermediate between the rigid plates that bound the plate boundary zone. The stars show the poles of rotation (in ITRF) for the
North American (NOAM), South American (SOAM), and Eurasian (EURA) plates, also derived from Argus et al. (2010). For all three of
these plates, the plate rotation is counterclockwise about the pole. The main plate boundaries are shown in red, based on
DeMets et al. (1990).

GPS, TECTONIC GEODESY 433
with geodetic estimates averaged over the last 2–3
decades (DeMets et al., 2010; Argus et al., 2010). The lat-
est work shows that the approximation of rigid plates
moving at a steady rate over millions of years is quite
good, but there is evidence for small changes in plate
motions over the last few million years, and evidence for
small but significant internal deformation of the plates.

In the early history of tectonic geodesy, geodetic results
were compared to models of geologically current plate
motions, which were more precise at that time and whose
level of accuracy was understood. Even at that time the
geodetic data made a significant contribution. Robbins
et al. (1993) compared rates of plate motion from SLR
and VLBI to predictions of the geological plate model
NUVEL-1 (DeMets et al., 1990), and found a very high
correlation between the geodetic and geologic estimates
based on magnetic anomalies at spreading centers and
transform fault azimuths. However, the geodetic plate
motion rates were systematically 6� 1% slower than geo-
logic rates. This discrepancy resulted mainly from errors
in the geomagnetic timescale; after recalibration based
on the revised timescale, the NUVEL-1A plate motion
model agreed with space geodetic estimates (DeMets
et al., 1994). The conclusion of this work was that, with
perhaps a few exceptions, plate motions averaged over
the last �3 million years and plate motions averaged over
the last decade were the same within the measurement pre-
cision of the time.

The full capability of space geodesy to measure plate
motions was not realized until long time series of GPS
data were available, beginning in the mid to late 1990s.
The spatial density and coverage of GPS data meant that
more plates could be included and the measurements for
each plate were more robust. The first global plate motion
models based on GPS data alone were Argus and Heflin
(1995) and Larson et al. (1997). Larson et al. (1997) found
that the motion of the Nazca plate was significantly slower
than predicted by NUVEL-1A, a result later confirmed by
Norabuena et al. (1998, 1999), who found that the rate of
subduction of the Nazca plate beneath South America
has declined steadily over the last 20 million years.
The GEODVEL model of Argus et al. (2010) is the most
complete global geodetic plate motion model to date.
GEODVEL combined GPS, VLBI, SLR, and DORIS site
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velocities (Figure 1) and presented an estimate of relative
plate angular velocities based on these data. The earlier
REVEL model (Sella et al., 2002) presented the angular
velocities of each plate in ITRF97, and although now
somewhat dated it remains useful for realizing
a reference frame fixed to a particular plate. Estimates of
motions of the major plates in ITRF have also been
included in the entries that describe the successive realiza-
tions of ITRF (e.g., Altamimi et al., 2007), although these
estimates are based on smaller data sets than GEODVEL
or REVEL.

The central results of these studies are that the present-
day motions of the plate interiors are similar to plate
motions averaged over the last �3 million years, and out-
side of known regions of tectonic activity, the plate inte-
riors are rigid to a level comparable to the measurement
precision of GPS (Calais et al., 2006; Argus et al., 2010).
However, for most plate pairs the small differences
between GEODVEL and the NUVEL-1A (median differ-
ence of 0.063� Myr�1) are nonetheless statistically signif-
icant (Argus et al., 2010). The comparison of GEODVEL
and the most recent geological model MORVEL (DeMets
et al., 2010) reveals smaller but still significant differ-
ences. This implies that changes in plate motions of
a few to several percent have occurred over the last 3 mil-
lion years, most notably the reduction in angular speed of
the Nazca plate relative to South America. Calais et al.
(2006) analyzed internal deformation of the eastern part
of the North American plate, and found a weighted RMS
residual horizontal velocity of 0.7 mm/year. However,
horizontal residuals showed a systematic spatial pattern,
interpreted to be the result of glacial isostatic adjustment
(GIA). Horizontal deformation from GIA complicates
the determination of the angular velocity of the plate itself,
so Sella et al. (2007) used a set of 124 sites selected tomin-
imize the effects of GIA and used these sites to determine
an updated estimate of the North American plate. The
unweighted RMS residuals for these sites were 0.6 mm/
year, consistent with the estimated precision of the mea-
surements. The Indian plate may be an exception.
Banerjee et al. (2008) estimated 2� 1mm/year of shorten-
ing across central India, which could reflect contraction
driven by the collision of India with Eurasia.

The estimated plate motions from tectonic geodesy are
also important for studies of plate boundary zones, which
are zones of distributed deformation on the boundary
between two or more plates (Figures 1 and 2). The steady
interseismic motions of areas within a plate boundary zone
between two major plates must be understood in context
of the motions of the major plates. Geodetic motions are
understood most easily in terms of geologic structures
when the velocities of sites are expressed relative to one
of the major plates. Plate boundary zones can extend over
hundreds or thousands of kilometers and involve many
active structures, especially within the continental crust
(Thatcher, 2003, 2009). Plate boundary zones typically
include rigid blocks or microplates within them, such
as Tarim and South China in the broad and complex
India – Eurasia boundary zone (Figure 2). Plate boundary
zone deformation in Asia and North America (Figure 1)
has received a great deal of study, and work on these plate
boundary zones requires an integration of the concepts of
plate tectonics with the earthquake cycle and interseismic
deformation, along with other causes of deformation
detailed later in this entry.
Steady “Interseismic Deformation”
Time series of site positions is typically dominated by
steady, quasi-linear motion with time, although periodic
seasonal variations are also commonly observed (espe-
cially in the vertical). This is true not only for sites in the
interiors of tectonic plates, but also for many sites within
plate boundary zones. As a result, the time series of posi-
tions is commonly reduced to a site velocity based on
a linear fit and velocities are then used to study the steady
motions with time. Offsets in position due to earthquakes
and time-dependent motions due to postseismic deforma-
tion and other effects will be discussed in later entries. For
now, it is simply important to note that the linear fit for
velocity needs to take account of any discontinuities or
known time-dependent variations in the time series,
whether due to motions of the earth or to changes in
equipment.

The steady, linear motion of the tectonic plates leads to
the concept of an “earthquake cycle,” in which tectonic
stresses increases linearly with time until a fault failure cri-
terion is reached, at which point an earthquake occurs and
the stored stresses are relieved by fault slip (e.g., Scholz,
1990). The basic concept goes back to Reid’s elastic
rebound hypothesis, in which he proposed that the strain
accumulation pattern between earthquakes would be
opposite to the strain release pattern during the earth-
quakes (Reid, 1910). The net result of one full cycle is
a block-like offset along with fault, with no strain off the
fault – much like what would be observed by geologists
(Figure 3). Given linear stress accumulation and an elastic
rheology for the earth, strain (deformation) should occur at
a constant linear rate between earthquakes. Elastic earth-
quake cycle models thus imply a long “interseismic”
period of linear deformation with time, punctuated by off-
sets at the times of large earthquakes. Although there is
unambiguous observational evidence for transient
postseismic deformation following earthquakes, the
observed deformation prior to large earthquakes has gen-
erally been linear with time within measurement
precision, and the concept of “interseismic deformation”
remains useful.

Numerical models for the interseismic period follow
directly from the assumptions of the earthquake
cycle model. Large earthquakes within continental crust
rupture a limited range of depths, from at or near the
surface to a lower depth limit that is usually no deeper than
10–20 km. Observations of exhumed deep fault zones
show evidence for ductile shear, presumed to occur con-
tinuously with time (for a comprehensive summary, see
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Scholz, 1990). Savage and Burford (1970) proposed
a simple interseismic model using elastic dislocation the-
ory. In their model, the deeper part of the fault zone creeps
continuously at the long-term fault slip rate, while the
shallow part of the fault zone remains stuck by friction
except in earthquakes. They represented this numerically
by an elastic dislocation plane that slips steadily from
a locking depth d to infinite depth. The dislocation is
embedded in an elastic half-space, which represents the
earth from its surface to infinite depth as an elastic body.
Alternately, the slip on the fault as a function of depth
can be represented by a linear superposition between uni-
form slip at all depths and backward slip or backslip on
the shallow part of the fault. The backslip is
a mathematical construct, one component of the linear
superposition; the fault does not actually slip backwards.
Backslip represents the slip deficit, or the difference
between the slip that actually occurs over a period of time,
and the slip expected from the long-term average rate of
fault slip. Slip deficit is proportional to the accumulated
stress. In the simplest earthquake cyclemodel, the accumu-
lated slip deficit over the interval between earthquakes
would be equal to the slip in an earthquake. In the two-
dimensional case of an infinitely long strike-slip fault, the
equations describing the dislocation model are very
simple, with the velocity of a site located at a distance x
from the fault V = (s/p)*arctan(x/d), where s is the average
slip rate, and d is the locking depth (Figure 1). This velocity
is expressed in a frame in which the velocity is zero at the
fault and reaches plus or minus half the long-term fault slip
rate far from the fault. When the locking depth is shallow,
the interseismic strain is concentrated close to the fault, and
when it is deep, the strain is distributed over a larger region.

This simple model has proven to be extremely success-
ful in a wide variety of tectonic settings, and the same con-
ceptual model has been applied to normal faulting and to
subduction zones (Savage, 1983) in addition to strike-slip
faults. In all cases, the critical step in describing
interseismic deformation is a superposition between
steady fault slip at the long-term fault slip rate, assumed
to result in block-like or plate-like motion with all offset
occurring as slip on the fault and no strain occurring in
the surrounding rock, and the deformation associated with
the accumulating slip deficit. When the locking depth
varies along strike, the pattern of strain will also vary
along strike; in the extreme limit of a locking depth of
zero, the fault creeps at the surface at its long-term slip
rate. Observations show a wide range of fault locking
depths, generally in agreement with depths of maximum
earthquake slip or depths of seismicity. Locking depths



−80 −60 −40 −20 0 20 40 60 80
−10

−5

0

5

10

15

20

25

30

35

40

Distance from fault (km)

−80 −60 −40 −20 0 20 40 60 80
Distance from fault (km)

Fa
ul

t-
pa

ra
lle

l v
el

oc
ity

 (
m

m
/y

r)

−2
−1.5

−1
−0.5

0
0.5

1
1.5

2
2.5

3
3.5

Fa
ul

t-
pa

ra
lle

l d
is

pl
ac

em
en

t (
m

)

GPS, Tectonic Geodesy, Figure 3 Velocities and coseismic displacements expected from a simple elastic earthquake cycle
model. The fault in this model is an infinitely long strike-slip fault (left-lateral) with a slip rate of 30 mm/year, which has an
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opposite directions). The sum of 100 years of interseismic deformation and the coseismic displacement is a uniform block motion,
shown by the dotted line.
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sometimes vary abruptly in the along-strike direction.
Examples of along-strike changes in fault locking behav-
ior include variations in the rate of fault creep along the
creeping section of the San Andreas fault in California
(Titus et al., 2005), and variations in the extent of the
locked zone along the subduction zone of the Aleutian
and Sumatran arcs (Cross and Freymueller, 2008;
Freymueller et al., 2008; McCaffrey, 2008; Chlieh et al.,
2008). The parts of the fault determined (from geodetic
data) to be locked by friction and accumulating slip deficit
correspond well to the rupture areas of the last set of great
earthquakes, and the along-strike boundaries between
locked and creeping segments correspond to the limits of
seismic slip or major seismic asperities of the last great
earthquakes.

The elastic dislocation approach to modeling
interseismic deformation has been extended to three
dimensions using elastic blockmodeling (e.g., McCaffrey,
2002; Meade and Hager, 2005a). In this approach, which
blends the description of plate motions in terms of angular
velocities with an elastic interseismic model, the model
domain is first broken up into a set of blocks or
microplates, each of which is assumed to be rigid. The
boundaries between adjacent blocks are thus the faults
on which the relative block motion occurs. The velocity
of a GPS site is the sum of two components, the rotation
of the block it lies upon (described by the block angular
velocity) and the elastic deformation caused by the slip
deficit on all faults in the model. The elastic block model
enforces self-consistency of blockmotions, fault slip rates,
and elastic deformation, because the fault slip rates are
computed from the block angular velocities and the elastic
deformation is computed using dislocation theory from the
fault slip rates and assumed fault locking depths. Thus,
the only estimated parameters in an elastic block model
are the block angular velocities, unless the fault locking
depths or other geometric parameters are explicitly
optimized as well. This approach has been successful
in describing deformation in North America, Asia, the
Mediterranean and Middle East, and other parts of
the world, and has sometimes been combined with an
assumption of uniform strain for some blocks rather than
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rigidity (McCaffrey, 2002; Nyst and Thatcher, 2004;Meade
and Hager, 2005a, b; Reilinger et al., 2006; McCaffrey
et al., 2007; Meade, 2007, Loveless and Meade, 2010).

Despite the general success of this approach, there is no
way to account for observed time dependence in
postseismic deformation within this model, and there are
some significant discrepancies between fault slip rates
estimated from geodetic data and geologically estimated
rates from dated fault offsets. A prominent example of this
involves the Garlock Fault and Eastern California Shear
Zone in the Mojave Desert of California. The Garlock
fault is a left-lateral strike-slip fault that is in a conjugate
orientation to the right-lateral San Andreas Fault and the
faults of the Eastern California Shear zone. The present
geodetic slip rate estimated for the Garlock fault (Meade
and Hager, 2005a) is significantly lower than expected
based on the recent geological slip rate (McGill et al.,
2009), while the reverse is true for the adjacent Eastern
California Shear Zone (Peltzer et al., 2001; Oskin et al.,
2008). Dolan et al. (2007) and Oskin et al. (2008)
suggested that time-dependent behavior of ductile shear
zones in the deep crust may result in time-dependent fault
slip, which in this case might result in switching between
two modes: elevated slip rate on the Eastern California
Shear Zone with low slip on the Garlock fault (the pre-
sent), and elevated slip on the Garlock fault with low slip
on the Eastern California Shear Zone (much of the geolog-
ically recent past). Time-dependent postseismic deforma-
tion not accounted for in the geodetic models might play
a role in this discrepancy.
Coseismic deformation
Coseismic displacements are the sudden displacements
caused by earthquakes. Coseismic displacements from
large earthquakes can extend a long distance from the fault
due to the elastic response of the earth (Figure 3). The ear-
liest observations in tectonic geodesy were of the angle
changes between triangulation stations caused by
coseismic displacements. Today, GPS and InSAR dis-
placements provide precise and spatially dense measure-
ments of coseismic displacements, allowing detailed
models of the distribution of slip in earthquakes to be
determined. Very large earthquakes are followed by
a period of postseismic deformation, during which the
deformation pattern is very different from the pre-
earthquake pattern (see next section).

One of the earliest important large earthquakes during
the modern GPS era was the 1992 Landers earthquake in
southern California. This MW 7.4 strike-slip earthquake
ruptured multiple faults with a complex surface rupture
pattern (Sieh et al., 1993) and caused immediate displace-
ments of five continuous GPS sites in the region, which
had been installed a few years earlier. Displacements from
these continuous GPS sites were used to develop slip
models for the earthquake (Bock et al., 1993; Blewitt
et al., 1993). Later, a much more extensive set of displace-
ments determined from repeated GPS surveys of many
survey marks in the region provided almost 100 displace-
ment vectors for use in studying the distribution of slip
during the earthquake (Hudnut et al., 1994; Freymueller
et al., 1994). The pre-earthquake surveys were of variable
precision and were made over a range of time before the
earthquake. Many of the important near-field displace-
ment vectors came from survey marks that had been sur-
veyed originally by private land surveyors or by the
California Department of Transportation. In addition, the
post-earthquake surveys, while more uniform in precision,
were carried out over a period of a few weeks to months
during which postseismic deformation was occurring.
Removing pre- and post-earthquake deformation from
the coseismic displacements was, and still is,
a significant challenge. Even in the era of dense continu-
ous networks, the problem of separating coseismic and
postseismic deformation has been pushed down to shorter
timescales, as postseismic deformation is observed to
begin immediately after the earthquake rupture terminates
(Melbourne et al., 2002; Savage and Langbein, 2008).

The Landers earthquake and the studies that followed it
provide several lessons that remain relevant today. Even
a small number of geodetic displacements provide signif-
icant constraints on the total seismic moment of an earth-
quake. Six different geodetic studies for the Landers
earthquake were published within the first 2 years after
the event, and the total moment estimated in all cases
was the same within 10% even though some studies used
as few as four or five displacements and others used as
many as 96. Determining the moment of the earthquake
to within 10%means determining the magnitude to within
�0.1, which is comparable to the best magnitude preci-
sion from seismology. More displacements allowed
a more detailed model for the distribution of slip on the
fault plane, but changed the total moment (proportional
to slip times area) only incrementally. The GPS displace-
ments were compatible with offset measurements made
by geologists working on the surface rupture, but slip at
the surface rupture was not always indicative of the typical
slip at depth. In general, the maximum slip was located
some distance beneath the surface. The slip distribution
was highly variable in space even along parts of the rup-
ture that were geometrically simple. Estimates of the slip
distribution from geodesy and seismology were also com-
patible (Cohee and Beroza, 1994).

The recent sequence of great earthquakes along the
Sumatra subduction zone provides a good picture of the
present capabilities for studying earthquakes using geod-
esy (McCaffrey, 2008). Coseismic displacements from
the 2004 Sumatra-Andaman earthquake, the first and larg-
est of the sequence, were large enough to be measured
more than 2,000 km from the fault, and probably as far
as 4,000 km distant (Banerjee et al., 2005). Significant dis-
placements, large enough to be informative about the
earthquake slip distribution, were measured throughout
Southeast Asia and across the Indian Ocean on the Indian
subcontinent. By the time of the subsequent earthquakes
in Sumatra, continuous GPS networks extended across
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most of the area, and the coseismic displacement fields
were measured rapidly and easily (e.g., Hsu et al., 2006;
Kreemer et al., 2006). Additional GPS surveys in the
affected areas provided additional displacements from
a spatially dense network of sites.

The problem of estimating the earthquake slip distribu-
tion from surface displacement data is similar to that of
modeling interseismic deformation. As in the interseismic
case, elastic dislocation theory provides the mathematical
basis for predicting surface displacements given slip on
a fault and the inverse problem of estimating slip given
surface displacement. Most studies have used the simplest
elastic model, a uniform elastic half-space, although some
studies have included the effect of elastic layering and/or
sphericity of the earth. For the largest earthquakes,
a model that treats the earth as a layered elastic sphere is
necessary (Banerjee et al., 2005). As in the interseismic
case, the fault geometry may or may not be known, and
the detailed fault geometry must be estimated as part of
the inverse problem if is not known from other sources.
What is most different about the coseismic slip problem
is that spatial variations in the slip always must be esti-
mated and, because the displacements are larger than in
the interseismic case, the data have the strength to resolve
spatial variations in slip to a greater extent than in the
interseismic case.

The most common approach to estimating the slip dis-
tribution is to segment the fault plane or planes into
a grid of small elements, or subfaults. The slip on each
subfault is estimated, subject to spatial smoothing or other
regularization to make the problem invertible. As
a general rule, it is necessary to discretize the fault into
a grid that is small compared to the actual spatial resolu-
tion of the data; the weight given to smoothing is then opti-
mized according to some criterion. The reason for this is
that actual spatial variations in slip during earthquakes
can be quite large over relatively short distances, and
a grid that is too coarse can compromise fit to the data sig-
nificantly by forcing the boundary between a high slip and
low slip region to be in the wrong place. An alternate
approach to spatial smoothing is to discretize the fault at
a fine spacing first, and then use the model resolution
matrix to lump together adjacent subfaults that are poorly
resolved (Pritchard et al., 2002). In this approach, a single
slip parameter refers to a large area of the fault where there
are no nearby data that can resolve variations in slip, and
where data are dense the ability to resolve short-
wavelength variations in slip is retained. Earthquake slip
inversions commonly use nonlinear optimization tech-
niques, from least squares with inequality constraints (to
constrain the slip direction) to full nonlinear inversions
that are required when the fault geometry must be
estimated.

Over time, the amount and accuracy of data used in
coseismic slip inversions have increased, and improve-
ments in the terrestrial reference frame have made it possi-
ble to use absolute displacements, even for distant sites.
Studies of the Landers earthquake used nearly 100
displacements, the 2002 Denali earthquake more than
200, and the 2008 Wenchuan earthquake in China more
than 400 GPS displacements. Early earthquake slip inver-
sions using GPS data generally used displacements rela-
tive to a local site, because the site positions in an
absolute frame were not accurate enough. The inversion
for the 2002 Denali Fault Earthquake in Alaska
(Hreinsdóttir et al., 2006) used absolute displacements in
ITRF, even for sites as much as 800 km from the fault,
and Banerjee et al. (2005) determined and modeled abso-
lute displacements for the Sumatra-Andaman Earthquake
up to 4,000 km away. The greater density and spatial dis-
tribution of data for more recent earthquakes allows esti-
mation of the fault geometry along with the slip
distribution as well as resolution of greater detail in the
slip distribution. GPS displacements can be augmented
with displacements from InSAR, surface offsets from geo-
logical measurements from correlation of remote sensing
images, and seismic data.

Although GPS for tectonic geodesy is most often used
in static mode, in which up to a day of data are used to
determine a single daily position for each station, GPS
can also be used in kinematic mode to measure the ground
motions associated with earthquakes. Nikolaidis et al.
(2001) first demonstrated that kinematic GPS could record
displacements due to seismic waves, but they were limited
by having only data recorded once every 30 s. Larson et al.
(2003) measured the propagation of surface waves from
the 2002 Denali fault earthquake using GPS data recorded
at 1 Hz, which demonstrated the utility of kinematic GPS
for “GPS Seismology.” GPS displacement records are
much less precise than records from seismometers, but
can record large displacements faithfully, are not subject
to distortion in the presence of tilts, and do not need exter-
nal information to resolve integration constants because
they provide a displacement record directly. Miyazaki
et al. (2004a) determined a time-dependent slip model
for the 2003 Hokkaido Tokachi-oki earthquake in Japan
based entirely on kinematic GPS records. This model
clearly showed the spatial evolution of slip on the fault,
which propagated downdip and to the northwest from
the hypocenter. The kinematic GPS records also showed
a secondary slip peak to the northeast, which might repre-
sent triggered slip. The spatial and temporal resolution of
slip models estimated from kinematic GPS data is superior
to that of teleseismic recordings, and are comparable to
models derived from near-field strong motion recordings
(Ji et al., 2004).
Postseismic deformation
Postseismic deformation is the general term used for any
kind of transient deformation that follows earthquakes.
Because of the large stress changes associated with large
earthquakes, the pattern and rate of strain around the fault
is often quite different immediately after the earthquake
compared to the pre-earthquake time period, and the time
evolution of strain depends on the rheology of the crust
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and upper mantle (Bürgmann and Dresen, 2008).
Postseismic deformation provides an opportunity to study
the dynamics of tectonic deformation and the rheology of
the crust and upper mantle, whereas the linear motion in
time observed for most of the time between earthquakes
allows only a kinematic description. Postseismic deforma-
tion can be large and long lasting, although there is great
variation from earthquake to earthquake.

Postseismic deformation is thought to result from
a superposition of three main physical mechanisms, which
cause deformation on different spatial and temporal
scales: viscoelastic relaxation of the mantle and possibly
lower crust, afterslip on the very shallow or deep parts of
the fault zone, and poroelastic relaxation. Poroelastic
relaxation, which is deformation driven by fluid flow that
relieves pressure differences caused by the earthquake, is
generally considered to be important only very close to
the fault and near geometric complexities such as fault
stepovers and bends, where the dilatational strain is the
largest (and thus fluid flow changes will be most signifi-
cant). Shallow afterslip is a frictional process, first
observed after the 1966 Parkfield earthquakes (Smith
and Wyss, 1968), and observed after many subsequent
earthquakes, including subduction zone events (Hsu
et al., 2006; Kreemer et al., 2006). Depending on the rhe-
ology of deep fault zones, deep afterslip may be
a frictional process, a ductile shear process, or some com-
bination of the two. Deep afterslip is generally found
immediately downdip of the coseismic rupture zone.
Close to the fault, postseismic displacements are usually
significantly smaller than coseismic displacements,
reflecting the smaller amount of slip involved and the gen-
erally deeper deformation source. The 2004 Parkfield
earthquake was an exception to this rule, because
coseismic slip at shallow depth was small, while shallow
postseismic afterslip was large (Johanson et al., 2006).
However, in the far field, the longer spatial wavelength
of the postseismic signal that results from its deeper or
spatially distributed source means that far-field
postseismic displacements can be a significant fraction
of, or even comparable to, the coseismic displacements.

The various mechanisms of postseismic deformation
can produce similar deformation at the surface, especially
in the horizontal components, and the predicted displace-
ments from different mechanisms can be similar enough
that controversy over postseismic deformation models
can linger for years, even for well-studied earthquakes.
The ambiguity between postseismic source models is
enhanced because GPS data are always irregularly sam-
pled in space, while InSAR data may be continuous in
space, but do not measure 3D displacements. There is
not yet a consensus regarding the physical model for
afterslip that would allow accurate prediction of afterslip
given only the coseismic slip model; this means that
afterslip is usually estimated in a manner similar to the
coseismic slip model, whereas viscoelastic relaxation is
predicted from the coseismic slip distribution and an (esti-
mated or inferred) earth model that describes the rheology.
Unfortunately, the appropriate rheological model varies
from place to place, and parameters such as mantle viscos-
ity are both heterogeneous and poorly constrained in value
(Bürgmann and Dresen, 2008). As a result of these factors,
postseismic studies often make assumptions that certain
displacements result from only the effect of one mecha-
nism, or attempt to use the spatial or temporal character
of the observed displacements to constrain the mecha-
nisms separately.

The 2002 Denali fault earthquake provides a useful
example. Ten continuous GPS sites were set up within
a few weeks of the earthquake and nearly 100 sites were
surveyed repeatedly over the next several years, providing
a rich data set in space and time (Figure 4). Both the spatial
and temporal variations in postseismic displacements
require more than one mechanism to explain them. All
sites show an initially rapid rate of deformation that
decayed over time. In general, site velocities averaged
over the first 1–2 years were �20 times faster than the
pre-earthquake rates. Even several years after the earth-
quake, average velocities remain several times higher than
the pre-earthquake rates at many sites. No single simple
relaxation function of time, such as an exponential or log-
arithmic relaxation, can explain the temporal variations of
the time series to within the scatter in the measurements.
However, a combination of relaxation functions can
explain the temporal decay of the displacements quite
well, as long as the model fit to the time series has both
a short relaxation component (characteristic decay time
of �months) and a long relaxation component (character-
istic decay time of a few years). In addition, several sites
close to the fault (within a few tens of km) exhibited an ini-
tial phase of extremely rapid displacements, up to several
millimeters per day, which decayed over a period of a few
weeks with a characteristic decay time on the order of
days. This component was not sampled uniformly enough
to develop models for it.

Postseismic models for the 2002 Denali fault earth-
quake have called upon a variety of mechanisms to
explain the deformation. Pollitz (2005) used data from
a limited set of sites over the first 16 months after the
earthquake and a model that assumed all deformation
resulted from viscoelastic of a material obeying
a Burger’s body transient viscosity. Freed et al. (2006a)
showed that no single mechanism could explain the
observed displacements, and proposed a model based on
afterslip within the lithosphere (approximated as
a narrow low viscosity shear zone) and viscoelastic relax-
ation in the asthenosphere. Freed et al. (2006b) analyzed
the time dependence at far-field sites and concluded that
a model with a nonlinear (power-law) viscosity in the
mantle, consistent with lab measurements of the rheology
of olivine, explained these data better than a model with
a linear Newtonian viscosity. Johnson et al. (2009) esti-
mated a combined afterslip and viscoelastic model, using
an assumed frictional model. However, none of these
models have been very successful in predicting displace-
ments into the future, beyond the time span of the data
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GPS, Tectonic Geodesy, Figure 4 Postseismic displacements following the November 2002 Denali fault earthquake.
Displacements are shown for the time periods 2003.5–2006.5 (top panel) and 2006.5–2009.5 (middle panel). The pre-earthquake
motions have been subtracted from both figures, so the displacements represent the transient component of motion over those
time intervals. Pre-earthquake velocities relative to North America were less than 1 cm/year over most of the area shown, and
postseismic velocities are several times faster, and diminish in rate over time (bottom panel). The time series of eastwardmotion of the
site JANL (white vector) relative to North America illustrates the nonlinear character of postseismic deformation. Although the time
series appears to be nearly linear several years after the earthquake, there is actually significant curvature of the time series over the
entire time period.
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used to constrain them (Freymueller et al., 2009). These
model shortcomings may result from deficiencies in the
estimated coseismic slip model, from a failure to separate
the different mechanisms correctly, or from additional pro-
cesses not considered in the models, possibly including
changes in the slip on the subduction thrust in southern
Alaska caused by the Denali fault earthquake stress
changes (Johnson et al., 2009).

The general pattern of postseismic deformation seen in
the 2002 Denali fault earthquake has been observed in
many other cases, from moderately large crustal events
to great subduction zone earthquakes. However, individ-
ual earthquakes have displayed a puzzling variety of
postseismic responses. For some large subduction
earthquakes, postseismic transients seem to have decayed
away after only a few years, while in other cases small
transient signals have lingered for decades (Melbourne
et al., 2002). After the 1995 MW 8.1 Antofagasta (Chile)
earthquake, there was significant afterslip for a few years
but apparently little viscoelastic relaxation of the mantle
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because postseismic deformation rates returned to pre-
earthquake rates within a few years (Melbourne et al.,
2002). The 2003 Hokkaido Tokachi-oki earthquake
caused afterslip downdip of the coseismic rupture, which
also extended at depth for a significant lateral distance
north of the rupture zone (Miyazaki et al., 2004b). In the
2006–2007 Kuril Island doublet, a subduction thrust
earthquake followed by a similar-sized outer rise event,
afterslip appears to have been limited to the first several
months after the thrust earthquake (Steblov et al., 2008;
Kogan et al., submitted manuscript). The cause of this
wide range of behavior is not understood at this time.
For the largest earthquakes, significant postseismic defor-
mation clearly can last for decades (Cohen and
Freymueller, 2004; Wang, 2007; Suito and Freymueller,
2009). Postseismic deformation from the great 1960 Chile
and 1964 Alaska earthquakes remains very large (rates of
1–2 cm/year), decades after these large events (Wang,
2007; Suito and Freymueller, 2009).

Because of the long duration of postseismic transient
deformation and the short length of precise geodetic mea-
surements in most places, it is not clear whether
postseismic transients decay away to a relatively steady
background deformation rate, or whether deformation
rates are never truly steady in time. Answering this ques-
tion is very important, because the answer will reveal
a great deal about the dynamics of earth deformation.
Decay to a steady background rate suggests that deforma-
tion in the mantle and lower crust associated with fault
motion is localized due to lateral variations in properties
or nonlinear viscoelasticity. The long-term fault motion
rate and background deformation rate would represent
a balance between tectonic forces and the effective viscos-
ity of the weak zone beneath the fault. On the other hand,
a uniform linear viscoelastic mantle requires that shear in
the mantle be distributed broadly rather than localized
beneath faults. In this case, deformation at the surface
would never be steady in time except when the earthquake
recurrence time and mantle relaxation time are roughly
equal, and transient deformations would always extend
a great distance away from every active fault, even
a long time after the last major earthquake (Savage and
Prescott, 1978). The apparently linear “interseismic”
phase would be essentially an illusion caused by our short
measurement history. However, our ability to measure
steady rigid plate motions that are very close to long-term
geological plate motion estimates argues in favor of some
degree of localization of strain in the mantle beneath
faults, as does the observation that interseismic motions
are localized around faults like the North Anatolian Fault
in Turkey regardless of the time since the last earthquake
(Hearn et al., 2009). This is also supported by the frequent
consistency of geologic estimates of fault slip rates and
geodetic estimates based on simple linear models. How-
ever, this question is not yet settled and probably will
remain a focus of research for some time. Although some
progress has been made in the theoretical models,
a convincing and complete model for the earthquake cycle
that incorporates postseismic and interseismic deforma-
tion and agrees with data has not yet been developed.
Transient fault movements and more complex
models of the earthquake cycle
Faults also exhibit a range of transient slip behavior, pos-
sibly similar to postseismic afterslip, but not necessarily
caused by identifiable stress changes such as those caused
by large earthquakes. The most notable examples are slow
slip events (SSE) on subduction thrusts, also called epi-
sodic tremor and slip (ETS) events because the slip is usu-
ally accompanied by the emission of seismic tremor
(Rogers and Dragert, 2003). There are also several known
examples of triggered creep or changes in creep rate,
sometimes caused by nearby earthquakes on a different
fault. For example, the 1989 Loma Prieta earthquake in
California triggered shallow creep on a subparallel thrust
fault system (Bürgmann et al., 1997) and caused changes
in creep rate on sections of the nearby Hayward and
Calaveras faults (Lienkaemper et al., 1997). In the latter
case, the earthquake caused a reduction of stress on these
nearby creeping faults and some sections responded by
ceasing to creep for a period of time, and later restarted,
while other sections continued to creep at a reduced rate.
These transient fault movements are further evidence that
the steady, elastic earthquake cycle model is a significant
simplification of reality: even between earthquakes there
can be small variations in deformation.

SSE and ETS events were first observed in Japan (Heki
et al., 1997) and at the Cascadia subduction zone (Dragert
et al., 2001) in North America. A large number of these
events have now been identified in Japan, Cascadia,
Alaska, Mexico, the Ryukyu arc, and New Zealand, and
in most cases, the slip events have been accompanied by
emission of seismic tremor (Schwartz and Rokosky,
2007). These events come in a range of sizes, many with
slip and area equivalent to magnitude 6–7.5 earthquakes.
Small tremor bursts are also observed, as are smaller slip
events too small to detect with GPS (but observed on
strainmeters or tiltmeters). These mostly aseismic slip
events, including small bursts of tremor that do not have
resolvable geodetic signals, appear to follow a self-similar
(power-law) scaling relation somewhat like regular earth-
quakes, but with a different power-law exponent (Ide
et al., 2007).

The recognition of these transient events, along with
the development of models that explained seasonal load-
ing variations (Heki, 2001) has resulted in
a transformation of thought about the steadiness in time
of site motions. Prior to the recognition of SSEs or ETS
events, the typical assumption in tectonic geodesy was
that all deviations from a linear trend represented noise
in the data, except when there was a known cause of dis-
placement such as an earthquake or postseismic deforma-
tion. Today, deviations from a linear trend are likely to be
considered signal, although it remains uncertain how to
reliably distinguish between transient tectonic signal and
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noise. The most successful attempts to do so rely on the
spatial coherence of deformation signals, especially when
the deformation can be linked to a source model, such as
slip on a fault of known geometry. However, noise in geo-
detic time series can be spatially correlated as well, and the
separation of small transient signals from noise remains an
area of active research. A particular area of emphasis
today is in the automatic detection of transient events from
observed time series.
Volcano deformation
Unlike tectonic deformation, which results mainly from
slip on faults (shear sources), volcanic deformation results
mainly from volumetric or dilatational sources, such as the
expansion or contraction of a dike or sill or other magma
body. Injection of magma into the subsurface through
intrusion or removal of magma from the subsurface as it
is erupted cause pressure changes that drive volcanic
deformation, and result in deformation at the surface due
to the elasticity of the earth. Volcanic deformation com-
monly results in horizontal displacements that are oriented
radially away from or toward the volcano, and can pro-
duce significant subsidence or uplift (Figure 5). Some vol-
canoes have produced very large deformation signals
associated with the intrusion of magma before eruption,
while others have produced only small deformation sig-
nals even as the result of large eruptions. The heterogene-
ity of behavior may be a result in part of magma properties
that vary with magma composition and gas content, or
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The simplest volcanic source model is a spherical point
pressure source, usually called the Mogi model after the
Japanese scientist who first applied it in the 1950s (Mogi,
1958). This model describes the deformation at the surface
caused by a pressure change in a small spherical body in
an elastic half-space; the point source approximation actu-
ally holds even for relatively large bodies. The Mogi
model has provided a surprisingly good fit to observed
displacements from volcanic sources. Models for finite
spherical or elliptical sources have also been developed.
The finite spherical source is rarely used because the size
of the source usually cannot be constrained by data, but
elliptical sources produce a different pattern of displace-
ments due to the difference from spherical geometry.
Dikes and sills, planar bodies of magma that are associated
with the opening and filling of planar cracks, can also pro-
duce significant deformation. These sources can be
modeled using the same dislocation theory that is used
for shear faulting, as the most commonly used models
include the equations for opening-mode deformation.

Volcanic deformation is inherently time-dependent, and
volcanoes can display episodes of both inflation (increas-
ing pressure) and deflation (decreasing pressure). Defla-
tionary episodes probably result from a pressure drop
caused by the leaking out of exsolved gases or from the
depressurization of a hydrothermal system. During erup-
tion, most volcanoes show deformation associated with
decreasing pressure, although in a few cases there have
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been observations of simultaneous deflation at depth and
inflation close to the surface. One example of this is the
2000 eruption of Usu volcano in Japan, for which defor-
mation and gravity change data were fit best by a model
with a deflation source at �4 km depth, connected to the
surface by an intruded fissure (Jousset et al., 2003). If
the magma is assumed to be incompressible, which is
a good assumption for a magma that contains no exsolved
gas bubbles, then the volume of magma added or removed
to the subsurface is proportional to the pressure change in
the reservoir or the opening or closing of a dike or sill, and
thus the deformation magnitude is proportional to magma
volume. If the magma is compressible, then the deforma-
tion magnitude will be a function of the magma volume
change, magma compressibility, and the elastic properties
of the surrounding rock.

Unlike the tectonic problem, it seems that a simple
“eruption cycle” model does not apply to volcanoes. The
idea is appealing: magma would accumulate in the subsur-
face until the pressure reaches some critical level, which
causes failure of the overlying rock, opening of a conduit
to the surface, and then eruption. However, observations
show that the magma supply is not uniform in time
(Dvorak and Dzurisin, 1993), while tectonic loading is,
and successive eruptions at the same volcano can be quite
different in volume and style. Even at volcanoes that erupt
frequently, there does not appear to be a clear relationship
between the volume of magma that accumulates between
eruptions and the volume that erupts. This reflects the fact
that the crust beneath active volcanoes may be occupied
by a number of bodies of crystal mush or partially solidi-
fied magma, and also the importance of gases and volatiles
in triggering magma rise and eruption. A small intrusion
of fresh, hot magma into a cooler body can trigger exsolu-
tion of dissolved volatiles and remobilization of the
magma, causing a pressure increase that may be capable
of triggering an eruption.

Similarly, although rapid deformation at a volcano is an
indication that the volcanic system is active, it is not clear
whether episodes of deformation can reliably be treated as
short-term eruption precursors. Some large calderas, such
as Campi Flegrei in Italy, Yellowstone and Long Valley in
the USA, and Rabaul in Papua New Guinea, have experi-
enced episodes of substantial inflation, deflation or both
over a period of many years (Dvorak and Mastrolorenzo,
1991; Dvorak and Dzurisin, 1997). Some of this deforma-
tion may result from pressure changes in hydrothermal
systems associated with the volcano, rather than from
changes in the magma reservoirs themselves. Okmok
volcano in the eastern Aleutian arc (USA) experienced
substantial accumulation of new magma at shallow depth
(Figure 5) following its 1997 eruption, causing as much
as several decimeters of displacement at the surface (Lu
et al., 2005; Fournier et al., 2009), but its 2008 eruption
was preceded by a period of �3 years of relative quies-
cence. Mt. Etna in Italy is another volcano that has shown
significant magma accumulation between eruptions,
although not necessarily as a short-term precursor to
eruption. Other recent eruptions had only subtle or nonex-
istent deformation prior to the eruption, including the
eruptions of St. Helens in 2004, Augustine in 2006, and
Redoubt in 2009 in the USA (Cervelli et al., 2006;
Lisowski et al., 2008). However, significant precursory
deformation very close to the eruptive vent certainly must
happen. A notable example came from a continuous GPS
site that was installed on Stromboli volcano (Italy), which
showed dramatic displacements in the minutes before it
was destroyed by an eruption from a new vent located
a very short distance away (Mattia et al., 2004). Such
deformation, associated with the final rise of magma to
the surface, is very localized.

On the other hand, Kilauea volcano in Hawaii shows
distinctive and reliable patterns of deformation prior to
almost every significant eruption episode. Most magma
erupted from Kilauea in recent decades has been emitted
from vents on one of its rift zones, and since 1983 activity
has been centered on the flank vent called Pu‘u ‘O‘o. Erup-
tions of Kilauea are preceded by inflation at the volcano’s
summit, which then deflates as a pulse of magma that is
intruded into the rift zone and proceeds down-rift until it
reaches the flank vent (Dvorak and Dzurisin, 1993;
Dvorak and Dzurisin, 1997). There is some indication that
basaltic volcanoes like Kilauea and Okmok may produce
larger and more predictable deformation patterns than
more silicic volcanoes like the others mentioned in this
section.
Glacial isostatic adjustment and sea level studies
The Earth also deforms in response to changes in surface
loads, for example, changes in the mass of glaciers, ice
fields, and ice sheets on the surface. The best-known
example of this deformation is the dramatic uplift that
has occurred in the regions formerly covered by the conti-
nental ice sheets in North America and Europe. The ongo-
ing uplift in these regions, due to glacial isostatic
adjustment (GIA), is dominated by the viscoelastic
response of the mantle to the unloading as the ice sheets
collapsed after the last glacial maximum (LGM), about
23,000 years ago. While the ice sheets were growing, the
mass of the ice depressed the surface and induced stresses
that caused the mantle to flow out of the way. Upon col-
lapse of the ice sheets the process was reversed and mantle
is still flowing back at present. In addition to the long-
lasting effects of the great ice sheets, deformation due to
present-day ice mass changes can be observed as well,
and can cause even more rapid deformation even though
the ice mass changes are much smaller.

Displacements from load changes are predominantly
vertical. Horizontal displacements can be significant rela-
tive to geodetic measurement errors, but are usually sev-
eral times smaller than the vertical displacements.
Horizontal displacements are more sensitive than the ver-
tical displacements to assumptions made in the computa-
tions (compressibility vs incompressibility, radially
symmetric earth structure vs lateral variations, etc.). Thus,
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while model predictions for the vertical motions are in
general agreement, the best models for the horizontal
motions remain a matter of considerable debate.

Conceptually, it is useful to break up the deformation
due to load changes into two separate components. The
first component is the elastic response, which is instanta-
neous upon a change in load. After the elastic response
at the time of the load change, stresses in the viscoelastic
mantle relax with time, causing subsequent displacements
until the final relaxed response is reached. The theory for
computing the elastic response of the earth dates back to
Love in the early twentieth century; Farrell (1972) used
this theory to compute the response of a realistic earth
model to both point loads and disk loads. Farrell’s results
are commonly used to compute the elastic response. The
viscoelastic problem results in time-dependent deforma-
tion, which can be computed in a variety of ways, either
in terms of viscoelastic Love numbers or viscoelastic
Green’s functions for point or finite loads. However it is
done, in the viscoelastic problem the time-dependent dis-
placements or displacement rates are computed and
include both the elastic and viscous components.

The BIFROST project in Scandinavia was initiated
in the early 1990s to study GIA resulting from the
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post-LGM collapse of the Fennoscandian ice sheet
(Johansson et al., 2002; Milne et al., 2004). This project
demonstrated the capability of GPS to measure accurate
vertical motions. A network of continuous GPS sites was
established that encompassed the entire region surround-
ing the Baltic Sea. The observations revealed the expected
pattern of deformation, with the largest uplift rates (12–13
mm/year) located on the northwest margin of the Baltic
Sea where the LGM ice sheet had its maximum thickness
(Figure 6). Overall, the contours of constant uplift rate are
elliptical in shape. Horizontal motions are no larger than
2–3 mm/year and generally are oriented away from the
center of the former ice sheet. The GPS observations pro-
vided important new constraints on the viscosity structure
of the mantle (Milne et al., 2001).

There have been fewer geodetic studies of GIA from
the Laurentide ice sheet in North America. The number
and spatial density of continuous GPS sites in that part
of North America is much smaller than in Scandinavia.
However, reliable estimates of the vertical GIA signal
have been determined from repeat surveys of sites of the
Canadian Base Network and from the available continu-
ous GPS sites (Sella et al., 2007). Peak uplift rates are
10 mm/year near Hudson’s Bay and significant uplift is
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observed over most of northern and northeastern North
America. The horizontal motions are much smaller, gener-
ally at the 1–2 mm/year level, and include motions
directed both toward and away from the former ice sheet.
The scale of the GIA deformation in North America poses
an interesting problem: the estimates of horizontal motion
relative to North America depend on the estimated motion
of the North American plate in ITRF, but it is difficult to
measure the motion of North America without having that
estimate biased by horizontal GIA. As a result, indepen-
dent estimates of the motion of the North American plate
tend to differ by more than would be expected from data
noise alone.

The most rapid uplift rates from GIA come not from the
areas formerly covered by the great ice sheets, but from
regional ice masses (glaciers and ice fields) that recently
have been losing mass. Ice mass loss in Alaska and
surrounding parts of Canada in North America and in
Patagonia in South America has been very large since
the end of the Little Ice Age (LIA) �200 years ago, large
enough to account for 10–20% of twentieth century
global sea level rise (Dyurgerov and Meier, 2005; Larsen
et al., 2007; Lemke et al., 2007). In both of these regions,
measured uplift rates exceed 30mm/year at their peak, and
significant uplift has been observed in a broad area sur-
rounding the regional ice fields. In Alaska, the observed
uplift depends significantly on both the ongoing regional
ice mass loss and the nineteenth century deglaciation of
Glacier Bay (Larsen et al., 2005). The former source has
important elastic and viscoelastic components, while the
latter is purely a viscoelastic response. Overall, depending
on the place, the contribution to the uplift rate from the
present ongoing mass loss ranges from �1/3 to �1/2 of
the entire signal, and the uplift rate from present mass loss
can be as large as �12 mm/year (Sato et al., in press).

Mass loss in the Greenland and Antarctic ice sheets has
begun or accelerated within the last decade and the changes
in mass loss rate are reflected in changes in the vertical
motions. Southeast Greenland made the transition from no
or minimal uplift to significant uplift in the early 2000s,
while the onset of uplift in northwest Greenland began
a few years later (Khan et al., 2008; Khan et al., 2010).
The uplift history measured by GPS is in agreement with
the mass loss history estimated by gravity observations of
the GRACE satellite mission and is corroborated by direct
observation and measurement of glacier mass balance in
the area. The prospect of observing changes in Antarctic
and Greenland ice sheets has prompted the installation of
new networks of continuous GPS sites, which have begun
to produce data that will allow researchers to “weigh” the
ice sheets as they change over time.

As glaciers, icefields, and ice sheets lose mass, most of
the water ends up in the ocean where it raises sea level.
Tide gauges measure relative sea level, which is the level
of the ocean surface relative to the land surface. Estimates
of global sea level rise depend on averaging over a global
set of tide gauges where uplift or subsidence of the land is
negligible, but more data could be used to analyze sea
level variations if land uplift rates at tide gauges were pre-
cisely known. Wöppelman et al. (2009) used GPS mea-
surements at a globally distributed set of tide gauges to
correct for vertical motions of the land and estimated an
average global sea level rise of 1.6� 0.2 mm/year, assum-
ing that the vertical motions observed by GPS over the last
decade are representative of the last 100 years. This esti-
mate agrees with previous estimates for twentieth century
sea level rise.

Sea level does not rise uniformly around the globe
when there is a significant redistribution of mass resulting
from the melting of ice. Spatial variations in sea level rise
result from changes in the geoid caused by the mass redis-
tribution; sea level follows the geoid, so if the geoid height
is increasing over a section of ocean, then local sea level
would rise in a geocentric reference frame (Mitrovica
et al., 2001; Tamisiea et al., 2001). The difference between
relative sea level variations measured by tide gauges and
vertical motions measured by GPS is a combination of
vertical motion of the land, sea level rise due to the addi-
tion of water to the oceans, ocean thermal expansion,
and the local geoid change. Geoid rate changes at the mul-
tiple mm/year level are predicted for areas of significant
regional mass loss, such as Alaska and Patagonia, and sig-
nificant geoid height trends have been measured using
GRACE (Tamisiea et al., 2001; Tamisiea et al., 2005).
Much larger variations in the geoid would appear in the
future if the Greenland and Antarctic ice sheets melt sig-
nificantly (Mitrovica et al., 2009). Future studies will inte-
grate data and models for all of these effects to provide
a complete and self-consistent picture of sea level, gravity
change, and height change around the world’s coastlines.

Summary
High-precision geodesy is an important tool for the study
of active tectonics and other causes of crustal deformation.
Motion and deformation of points on the surface of the
earth result from a combination of tectonic plate motions,
elastic deformation from the slip deficit associated with
faults that are locked by friction, and coseismic and
postseismic displacements. Deformation caused by pres-
sure changes within volcanic systems is important near
volcanoes, and in some areas there is additional deforma-
tion caused by past and present surface load changes, most
importantly from the melting of ice in glaciers, ice fields,
and ice sheets. Deformation due to several or all of these
sources may be superposed in some locations, such as
southern Alaska and Patagonia. Surface displacements
can be related to the underlying sources using elastic or
viscoelastic deformation models, the most important of
which are based on dislocation theory.
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GRAVIMETERS

Andrew Hugill
Toronto, ON, Canada

Synonyms
Gravity meters, relative

Definition
An instrument which measures differences in gravity.
Units: Practical units are mGal (10�6 g) and mGal
(10�9 g). 1 Gal = 1 cm/s2.

Introduction
The first relative gravity measurements were made in
1672 by the French astronomer, Richer, who noted
a difference in the period of a pendulum when observed
in Paris and close to the equator in Cayenne, South Amer-
ica. For the next two centuries, relative gravity measure-
ments, mainly for scientific purposes, were made with
pendulums. In 1893, Threlfall and Pollock made the first
successful spring-mass gravimeter in Sydney, Australia
(Threlfall and Pollock, 1900) using the newly discovered
quartz fibers. From the middle of the twentieth century
up until the present nearly all relative gravity measure-
ments have been made with instruments based on a mass
suspended by a quartz or metal elastic system. Instruments
in which the mass is levitated in the field of
a superconducting magnet and instruments based on iner-
tial-grade accelerometers are also used in some
applications.

Absolute gravity meters, which are sometimes used to
make relative gravity measurements (e.g., Brady et al.,
2008), obtain a value for gravity through measurement
of the quantities distance and time without reference to
other gravity values. These instruments are beyond the
scope of this article and are described in the “GravityMea-
surements, Absolute” entry of this encyclopedia.

Relative gravimeters can be classified into three types
according to the mode in which they are operated, with
each mode of operation having different performance
requirements:

1. Survey: Measurement of relative gravity as a function
of position on, or under, the surface of the earth or on
the sea floor.

2. Stationary: Continuous measurement of changes in
gravity or low-frequency earth motion as a function
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of time at a fixed location on, or under, the surface of
the earth or on the sea floor.

3. Dynamic: Measurement of relative gravity as
a function of position from a moving platform such
as an aircraft or a ship.
Performance requirements
Basic performance requirements for relative gravimeters
are listed in Table 1. These must be met under a range of
environmental conditions, including movement of the
sensor between and during readings. Dynamic instru-
ments have to be able to produce data while moving and
subject to relatively large accelerations, whereas the defin-
ing characteristic of survey instruments is the capability to
withstand acceleration and shocks during transport with-
out sustaining changes in the reading value.

Survey instruments can be subdivided into borehole,
sea-floor, and land gravimeters all with the same basic per-
formance requirements. However, borehole and sea-floor
instruments must have remote reading capabilities and
be packaged to withstand high pressure. In addition, bore-
hole instruments have size restrictions and have to operate
at higher temperatures. Survey gravimeters have a useable
sensitivity of less than 5 mGal (e.g., Zumberge et al., 2008;
Merlet et al., 2008). A total range of 7,000 mGal covers
the gravity field on the surface of the earth. A minimum
continuous operating range of around 50 mGal is needed
to provide useful measurement capability.

Stationary gravimeters can be divided into those which
require very low noise performance and which are usually
located in an observatory and portable instruments. Most
applications for observatory instruments (Crossley et al.,
1999) are in the frequency range from dc up to approxi-
mately 7 mHz which is the maximum frequency at which
the seismic normal modes are resolvable (Ingate and Berger,
2004). Minimum earth noise in this band is around
3� 10�2mGal=

ffiffiffiffiffiffi
Hz

p
(Ingate and Berger, 2004) which rep-

resents the minimum useful instrument sensitivity.
Superconducting instruments and the metal spring instru-
ments which approach this sensitivity (Banka and Crossley,
1999) have a range of a few mGal or less and are saturated
by surface waves of large earthquakes (e.g., Mansinha,
1992; Agnew et al., 1986). Applications for portable instru-
ments require a larger range and less sensitivity and include
Gravimeters, Table 1 Gravimeter performance requirements

Type of gravimeter

Performance

Signal bandwidth Se

Survey dc 1–
Stationary: Observatory dc � 10 mHz 3
Stationary: Portable dc � 1 Hz 1
Dynamic dc � 10 mHz 50
volcanic monitoring, earth tide, and ocean loading studies,
groundwater monitoring, and earthquake monitoring.

Useable sensitivity for airborne gravity meters is lim-
ited by GPS precision as described in the Sensor motion
and orientation section below.With a 100 s low pass filter,
this limit is around 0.5 mGal (Argyle et al., 2000).

Technology
Sensor technology
Relative gravimeters are based on one of the four core
technologies listed in the top row of Table 2. Technologies
have characteristics which better suit them to particular
types of gravity meter as discussed below.

Fused quartz
Fused quartz sensors perform well in survey gravimeters
because quartz has high strength, remains almost perfectly
elastic up to its breaking stress, and can be welded into
compact structures which have exceptional mechanical
integrity. Sensors are free of tares when transported and
do not have to be clamped between readings, making them
accurate and quick and easy to operate. The relatively high
long-term drift of quartz springs is linear enough to be
compensated electronically.

Metal
Metal spring-mass sensors have very low long-term drift
and low temperature coefficient, making them well suited
to stationary measurements. However, they are more sus-
ceptible to tares in response to transportation because the
elastic properties of the materials in their elastic suspen-
sion are inferior to those of quartz. Also they are assem-
bled from a number of components fixed together, so
they do not have the integrity of a welded quartz structure.
These inherent disadvantages have been overcome by
clamping the mass during transportation and careful han-
dling, but at the expense of added manufacturing com-
plexity, requirement for more skilful operators and lower
productivity in the field. Historically, survey gravimeters
based on metal spring-mass sensors were used extensively
in survey operations because of their low long-term drift
and high accuracy, especially for establishing gravity net-
works and other applications which require measurement
of gravity at widely separated points. Absolute gravime-
ters are now used to make large-scale-network-type
Range (mGal)

nsitivity (mGal) Total Continuous (min)

10 7,000 50
� 10�2=

ffiffiffiffiffiffi
Hz

p
7,000 2
7,000 50

0 10,000 10,000



Gravimeters, Table 2 Gravity sensor core technology

Technology

Type of 
gravimeter

Spring/mass

Superconducting
Inertial-grade
accelerometerQuartz Metal

Survey

Stationary

Dynamic

GRAVIMETERS 451
measurements and survey instruments with metal spring-
mass sensors are being replaced for most other applica-
tions by modern quartz instruments which are easier to
manufacture and operate, and make extensive use of elec-
tronics to obtain similar or better performance.

Metal spring-mass gravimeters were first used for
dynamic applications in the late 1950s (Dehlinger,
1978). Since then they have been continually refined and
modified for this application and are in widespread use
today (e.g., Williams and MacQueen, 2001).

Superconducting
The superconducting gravity sensor is described by one of
its inventers (Goodkind, 1999) as “a spring type gravime-
ter in which the mechanical spring is replaced by
a magnetic levitation of a superconducting sphere in the
field of superconducting, persistent current coils.”
Because these currents are very stable, the sensor has
extremely low drift which makes it well suited for station-
ary operation. It is unsuited for survey or dynamic opera-
tion as the mass is insufficiently constrained to continue
operation in the presence of large accelerations.

Inertial-grade accelerometers
These are devices that have been developed for inertial
navigation systems so have excellent dynamic perfor-
mance on moving platforms and are very compact. They
have sufficient sensitivity for dynamic operations, but
not for survey or stationary operations. An example of
an inertial-grade accelerometer is the Q Flex QA3000
which has a volume of approximately 1 cu. inch and is
built around a chemically machined quartz suspension
(Foote and Grindeland, 1992). Another example is the
Bell Aerospace accelerometer (Torge, 1989) which has
similar dimensions.

Design principles
A generalized signal flow diagram for relative gravimeters
is shown in Figure 1. The proof mass is suspended so that
it moves in a well-defined trajectory in response to
a change in the gravitational force on it. The proof mass
and suspension are termed the gravity sensor. The gravity
reading is derived from the input to the calibrated feed-
back actuator that returns the output of the displacement
sensor to the reference point. Feedback force is applied
to the proof mass through an electric field or electromag-
netic actuator and/or through a change to the suspension
geometry.
Gravity sensor natural period, sensitivity, and seismic
noise
The design principles of the gravity sensor determine
important performance characteristics of the gravimeter
that are largely independent of the technology used in
construction.

The gravitational force on the mass of a spring-mass
gravity sensor is balanced by the elastic force generated
by the extension of a quartz or metal spring. The extended
length of the spring is given by l ¼ mg

k þ lu where k is the
spring constant and lu is the unstressed length of the
spring. A change in gravity from a value g0 to (g0 + Dg)
produces a change in spring length from l0 to (l0 + Dl )
where Dl/(l0 � lu) = Dg/g0. As Dl is proportional to (l0 �
lu) this simple spring-mass system is termed
a proportional sensor, or to use the language of seismom-
etry, a short-period sensor.

For a practical sensor with l0 � lu = 2 cm and a change
in gravity of 0.01 mGal (1 Gal = 1 cm/s2), Dg/g0 = 10�8

and the displacement which must be detected is Dl = 2 �
10�10 m. This system responds equally to gravity and all
acceleration up to its natural frequency

fn ¼ 1
2p

ffiffiffi
k
m

q
¼ 1

2p

ffiffiffiffiffiffiffiffiffiffi
g0

ðl0�luÞ
q

¼ 3:5Hz; so unwanted signals,

including microseismic and cultural noise, would need to
be filtered from the output to recover the gravity signal.

It was not until the 1970s and 1980s that electronics
were available to detect sub-nm displacements and effec-
tively filter signals in a portable instrument. The Scintrex
CG-3 gravity meter, introduced in 1987, and its successor
the CG-5 are based on a proportional spring-mass system
and use capacitive displacement sensing and digital filter-
ing to achieve the required level of sensitivity and noise
reduction (Hugill, 1990).

Before the advent of modern electronics, many mechani-
cal design concepts were developed (e.g., Hugill, 1984) to
increase sensitivity and reduce natural frequency, and thus
noise response, of sensors enabling detection of gravity-
induced mass displacement by eye, through a microscope.
Sensors with increased mechanical sensitivity are termed
“astatic” and are analogous to long-period seismometers.
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The most successful of these was the LaCoste suspension
based on “zero-length spring” with an unstressed length
lu= 0 (LaCoste, 1934). Sensitivity is adjustable and is usually
set up with sufficient displacement sensitivity for optical
detection by eye with a microscope and a natural frequency
low enough for the instrument to be insensitive to seismic
noise. Worden-type and LaCoste and Romberg gravimeters,
which were introduced in the 1940s and 1950s, are based on
the LaCoste suspension.

The sensor in the superconducting gravimeter
(Goodkind, 1999) is also astatised with its sensitivity
being increased by adjusting the relative current settings
in two collinear coils to shape the magnetic field gradient
in the vicinity of the levitated proof mass. Super-
conducting sensors are usually adjusted to operate with
a period of 5 s.
Displacement sensing and feedback
Most modern gravimeters use capacitive displacement
sensing and either electromagnetic or electrostatic feed-
back. Electrostatic feedback allows sensor design to be
simplified as the same electrodes can be employed for
sensing, using high frequency excitation, and feedback
at lower frequencies (e.g., Block andMoore, 1966; Hugill,
1984). Examples of instruments using capacitive displace-
ment sensing and electrostatic feedback include the
Scintrex CG-3 and CG-5 (Hugill, 1990) and the micro-g
LaCoste gPhone (Micro-g LaCoste, 2010).

Electromagnetic feedback has the advantage of inher-
ent linearity and a higher force capability. Instruments
with capacitive displacement sensing and electromagnetic
feedback include the Bodenseewerke GSS30 (Torge,
1989), the superconducting gravimeter (Goodkind,
1999) and inertial-grade accelerometers. In the latter, feed-
back supports the full gravitational force on the mass so
the spring suspension only provides constraint of the proof
mass motion (e.g., Foote and Grindeland, 1992) which is
equivalent to having no zero offset in Figure 1.

In most gravimeters with the LaCoste suspension the
top of the mainspring is moved to null the mass. This is
done in Worden-type meters through a gearbox, screw
thread, and auxiliary springs. In the LaCoste and Romberg
g meter (LaCoste and Romberg, 1945), the top of the
spring is connected to a lever system which is moved by
the operator through a calibrated gearbox and screw
thread. The required displacement for a change in gravity
of 0.01 mGal is 0.25 nm (Torge, 1989). Electrostatic feed-
back systems are installed in gravimeters with metal
LaCoste suspensions as an option for survey instruments
to make reading easier and more accurate (e.g., Webring
et al., 2004) and to enable high sensitivity automatic read-
ing for stationary instruments (e.g., Block and Moore,
1966).
Error sources
Error sources can be divided into three broad groups:
those generated by the gravimeter or intrinsic error
sources, those resulting from the response of the instru-
ment to external inputs and those resulting from the effects
of transportation.
Intrinsic error sources
Scale factor changes
Changes in the scale factor of gravimeters with quartz sen-
sors can be as high as 10�3 in the first year after manufac-
ture; subsequent changes are of the order of 10�4 per year
(Zumberge et al., 2008; Carbone and Rymer, 1999).
Changes in scale factor of around 10�3 have also been
reported in metal spring sensors (Carbone and Rymer,
1999). In contrast to the smooth drift in the scale factor
of quartz sensors, the reported changes in the metal spring



GRAVIMETERS 453
sensor were abrupt and separated by long periods of
stability.

As the scale factor, k, relates a reading differences (R2�
R1) to the gravity change (g2 � g1) through the expression
(g2� g1) = k(R2� R1) errors due to changes in scale factor
are proportional to gravity difference, so have most effect
on measurements made by survey gravimeters. Dynamic
instruments are less influenced because the sensitivity
requirement is lower. Good field practise, including
routine calibration and use of multiple instruments for
critical measurements, prevents degradation of survey
results.

Instrument noise
Thermal noise determines the detection limit of the sensor
and is given by (e.g., Richter et al., 1995)

a2t ¼
25kbT
QmTn

ðms�2Þ2
Hz

 !

where at is the rms noise equivalent acceleration spectral
density, kb is Boltzman’s constant, T is absolute tempera-
ture,Q is the quality factor, m is the mass of the proof mass
and Tn is the natural period. For a metal spring LaCoste
and Romberg earth tide gravimeter operating at 323 K
with Q = 1, m = 80 g, and Tn = 20 s, the thermal noise is
a2t ¼ 7� 10�20 m2s�4=Hz (Richter et al., 1995) and for
a superconducting gravity sensor operating at 4 K with
Q = 0.14, m = 4 g and Tn = 5 s, the thermal noise is
a2t ¼ 5� 10�19 m2s�4=Hz and could be a factor of 3
higher, depending on the extent to which the horizontal
modes couple into the vertical (Van Camp, 1999).

The thermal noise limit is therefore a significant design
parameter for stationary gravimeters measuring in the fre-
quency band dc –7 mHz where earth noise power spectral
density can be lower than 10�19 m2s�4/Hz (Ingate and
Berger, 2004).

Long-term drift
Long-term drift is a characteristic of all relative gravime-
ters and imposes constraints on the way in which instru-
ments are used. Values range from a few mGal/year for
instruments with superconducting sensors (e.g., Crossley
et al., 2003) to several hundred mGal/day or more for sur-
vey gravimeters with quartz sensors (e.g., Bonvalot et al.,
1998;Merlet et al., 2008). Drift is modeled as a function of
time and removed from measurements as part of data
processing. Model parameters for survey instruments are
derived from repeat readings on base stations at different
times during a survey. Absolute gravity readings obtained
at the same site are used as a reference to model the drift of
superconducting gravimeters (e.g., Van Camp and
Francis, 2007).

External noise sources
The effect of external inputs on the sensor can be reduced
to acceptable levels by a number of approaches which are
described below. These include shielding the sensitive
elements, compensation, and filtering and reducing the
input at its source through setup and choice of location
and time.

Sensor motion and orientation
Motion of the gravity sensor can produce a response
which is only distinguishable from the gravity signal by
its frequency content. If the disturbing motion is outside
of the signal bandwidth, then its effects can be removed
by filtering, otherwise independent means must be used
to determine the sensor motion and compensate for its
effects. High frequency motion and vibration can excite
higher order sensor modes which can couple into the fun-
damental mode (e.g., Block and Moore, 1970).

The gravity sensor measures the components of gravity
and acceleration that are parallel to its sensitive axis. To
accurately measure gravity the sensor is vertically aligned.
Vertical misalignment of the sensor results in a component
of gravity being measured which varies as the cosine of
the angle.

Horizontal acceleration can produce “cross coupling”
in sensors that have the proof mass in the form of
a horizontal pendulum and feedback control which
doesn’t keep the mass at the zero position with sufficient
accuracy (e.g., Torge, 1989). Horizontal velocity causes
centrifugal and Coriolis accelerations which combine to
produce the Eötvös-effect (Torge, 1989).

The relative magnitude of each of these error sources
depends on the mode in which the instrument is operated:

Airborne gravity precision and spatial resolution are
ultimately limited by the recovery of aircraft vertical posi-
tion with GPS (e.g., Bell et al., 1999). This limit has been
estimated to be around 1 mGal rms for an 80 s filter (van
Kann, 2004), an estimate which is confirmed by actual
measurements of aircraft acceleration with GPS (Wei
and Schwarz, 1995). Performance at this level has been
reported for at least two airborne gravity systems
(Studinger et al., 2008). One of these, the Sander
Geophysics system, which is based on inertial-grade
accelerometer sensors, is unaffected by turbulence up to
0.6 m/s2 rms (Argyle et al., 2000).

In marine gravity, the ship moves relatively slowly on
an approximately equipotential surface (Torge, 1989) so
there is no significant vertical acceleration in the signal
bandwidth and the relatively high frequency acceleration
caused by wave motion is removed by low pass filtering.
Horizontal position and velocity, derived from GPS mea-
surements, are used to compensate Eötvös-effects with
sufficient accuracy to enable gravity anomalies of 0.2
mGal to be detected with a 0.5 km spatial resolution
(LaFehr et al., 1992).

Survey gravimeters are affected by ground motion in
the form of microseismic noise, cultural and wind noise,
and earthquakes. Microseismic noise peaks in the range
between 3 and 8 s (e.g., Ingate and Berger, 2004) and
has amplitudes as high as 1 mGal pp (Laswell et al.,
2010). Distant earthquakes produce signals with a peak
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amplitude at a period of around 20 s (Ingate and Berger,
2004). Cultural and wind noise is generally above 1 Hz
(e.g., Wilson, 1953) and depends on local conditions.
The effect of these noise sources can be reduced with
low pass filtering. Astatised (long-period) sensors have
naturally lower sensitivity to this noise; however, propor-
tional (short-period) sensors with digital filtering can pro-
duce readings with an rms noise level of a few mGal in
most conditions (Scintrex, 2010).

Stationary gravimeters avoid cultural and wind noise
through the choice of a quiet reading site (e.g., Torge,
1989). Earthquakes often generate the signal that is being
measured. Filtering is used to suppress signals outside the
band of interest (e.g., Agnew et al., 1976).
Temperature, pressure, and magnetic field
Sensitivity of spring-mass sensors to these inputs is
largely determined by the material that the gravity sensor
is constructed from. For example, the elastic suspension
of metal spring instruments is made from a material with
an elastic modulus that has low temperature sensitivity,
but relatively high magnetic field sensitivity. Fused quartz
is not sensitive to changes in magnetic field, but its elastic
modulus has high temperature sensitivity.

The amplitudes of temperature, pressure, and magnetic
field changes that reach the gravity sensor are reduced by
control, sealing, and shielding, respectively. In addition,
stationary gravimeters are often placed in environments
where the temperature is extremely stable (e.g., Van Camp
and Francis, 2007). If residual changes reaching the sensor
are significant, they are compensated mechanically or
electronically. In the Scintrex CG-3 and CG-5 quartz
instruments, the temperature is controlled to the m�C level
and further compensated to the m�C level based on
a temperature measurement close to the elastic suspension
Gravimeters, Table 3 Some relative gravimeters currently in use

Gravimeter Type Sensor technology Per

LaCoste and Romberg
g meter

Survey Metal spring-mass Lon

Scintrex CG-3/5 Survey Quartz spring-mass Sho

Bodenseewerke GSS30 Dynamic Metal spring-mass Sho
GWR Stationary Superconducting Lon
ZLS Burris gravimeter Survey/

Stationary
Metal spring-mass Lon

Micro-g LaCoste gPhone Stationary Metal spring-mass Lon
Sander AIRGrav Dynamic Inertial-grade

accelerometer
Sho

GT-1A Dynamic Inertial-grade
accelerometer

Sho

ZLS Dynamic Gravity
Meter

Dynamic Metal spring-mass Lon

Micro-g LaCoste Air-Sea
II

Dynamic Metal spring-mass Lon
(Hugill, 1990). In the metal spring LaCoste and Romberg
instruments residual pressure changes are mechanically
compensated (Ander et al., 1999).

Superconducting penetration depth determines the tem-
perature sensitivity of superconducting gravity sensors
(Goodkind, 1999), and the levitation force is directly pro-
portional to magnetic field changes. The amplitude of tem-
perature and magnetic field changes at the sensor are
reduced to acceptable levels by controlling temperature
to a few m�C and surrounding the instrument with
a double m metal/Niobium magnetic shield.

Transportation effects
Changes in readings, often called tares, changes in drift
rate, and elastic relaxation can all contribute to errors as
a result of transportation. However, these errors can gener-
ally be avoided through good operating procedures. Care-
ful handling and appropriate protection from shock and
vibration (e.g., Hamilton and Brule, 1967) can reduce or
eliminate tares. Variable drift can be recovered by frequent
base station reoccupation (e.g., Webring et al., 2004) and
elastic relaxation is minimized in quartz instruments by
maintaining vertical orientation during transport (e.g.,
Zumberge et al., 2008) and by waiting a fixed time after
unclamping in metal instruments (e.g., Torge, 1989).

Gravimeters
Some gravimeters in use today are listed in Table 3.

Summary
Relative gravimeters are based on one of four core tech-
nologies: spring-mass systems made from quartz or metal,
superconducting sensors, or inertial-grade accelerometers.
Performance requirements depend onwhether instruments
are to be used for surveys or in stationary or dynamic
iod
Displacement
sensor Feedback actuator Reference

g Optical,
capacitive

Mechanical
(electrostatic)

Webring et al. (2004)

rt Capacitive Electrostatic Hugill (1990), Scintrex
(2010)

rt Capacitive Electromagnetic Torge (1989)
g Capacitive Electromagnetic Goodkind (1999)
g Capacitive Electrostatic

(mechanical)
ZLS (2010)

g Capacitive Electrostatic Micro-g LaCoste (2010)
rt Capacitive Electromagnetic Argyle et al. (2000)

rt Optical Electromagnetic CanadianMicro Gravity
(2010)

g Capacitive Mechanical ZLS (2010)

g Capacitive Mechanical Micro-g LaCoste (2010)
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modes of operation. Useable sensitivity varies from
3� 10�2mGal=

ffiffiffiffiffiffi
Hz

p
for stationary instruments operated

in observatories to 0.5 mGal for dynamic gravimeters
operated in aircraft. The defining characteristic of survey
instruments is the capability to withstand acceleration
and shocks during transport without sustaining changes
in the reading value. Dynamic instruments must be able
to produce data while moving and subject to large
accelerations.
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Definition
In geophysics gravity anomalies are generally defined as
the difference between observed gravity field and the field
of a reference model. Depending on the reference gravity
model, two different types of anomaly variations are con-
sidered: gravity anomalies and gravity disturbances. The
geodetic gravity anomaly is defined as the difference
between gravity on the geoid and normal gravity on the
reference ellipsoid (Heiskanen and Moritz, 1967). On the
other hand, the gravity disturbance is defined as the differ-
ence of the fields at the same point on the reference ellip-
soid. It has been demonstrated that the gravity
disturbances are more appropriate for geophysical pur-
poses (e.g., Hackney and Featherstone, 2003). In any case,
it is necessary to take into account this difference in the
interpretation. For more details see Gravity, Data to
Anomalies. Here we use the general term “anomalies”
for both types as traditionally accepted in geophysics.

The observed gravity anomalies reflect the effect of
density variations relative to the homogeneous reference
model. Interpretation of the gravity anomalies implies an
estimation of these density heterogeneities. The density
model should reproduce the observed gravity field, taking
into account that the observations may be affected bymea-
surement errors. A separate type of modeling, which may
be also related to the interpretation, is an enhancement of
the gravity anomalies. The observed field combines
effects of various mass anomalies integrated over the
whole Earth. Therefore, it is often difficult to select
the anomaly, which relates to the object under study. The
usual way to cope with the problem is to remove the
effects, which mask the anomalies of interest (see also
Gravity Data, Regional – Residual Separation).
Introduction
Density heterogeneity of the Earth, associated with ther-
mal and compositional variations or with deflected bound-
aries separating layers of different density, is one of the
main factors that control dynamic processes and deforma-
tions at both shallow and deep levels. Therefore, interpre-
tation of the gravity anomalies or gravity modeling is one
of the principal methods, which help to understand nature
and origin of the tectonic processes and the Earth’s
dynamics. On the other hand, gravity field is very sensi-
tive to shallow heterogeneities, in particular related to
mineral deposits. For this reason, gravity modeling is an
important tool for both fundamental and practical
purposes.
Formulation of the problem
The relationship between the density distribution r and the
gravity field g may be written as an operator equation:

Ar ¼ g; (1)

where A is the integral operator. In Cartesian coordinates
for a 3D body with density r(x0,y0,z0) this equation may
be written as (Blakely, 1995):

gðx; y; zÞ ¼ @U
@z

¼ �g
Z

z0

Z

y0

Z

x0

rðx0; y0; z0Þ ðz� z0Þ
r3

dx0dy0dz0;

(2)

where (x, y, z) are the observation points, U is the gravita-
tional potential, g is the gravitational constant, and

r ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ðx� x0Þ2 þ ðy� y0Þ2 þ ðz� z0Þ2

q
:

Therefore, the problem of determination of the density

distribution r may be formulated as finding:

minfjjAr� gobsjj2g; (3)

where gobs is the observed gravity anomaly.
Unfortunately, the problem of gravity data inversion is

generally ill posed. The operator A has no continuous
inverse A�1, thus the solution is neither unique nor stable.
To overcome this principal weakness Equation 3 should
be modified by adding a so-called regularization term O
(Tikhonov and Arsenin, 1977):
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minfjjAr� gobsjj2 þ aOðrÞg; (4)

where a defines strength of regularization. The regulariza-
tion implies some a priori conditions imposed on the den-
sity distribution in order to limit a possible range of the
solutions. If these conditions are sufficient, the problem
becomes well posed.

There are basically two ways to obtain a unique and sta-
ble solution with the means of interpretation of the gravity
anomalies. The first option implies considering simplified
models, the parameters of which should be determined.
An inclusion of a certain form in a homogeneous or strat-
ified material, a thin layer with variable density or an inter-
face between two layers with different density contrasts,
are methods with which the number of unknowns are
reduced and the problem is generalized. These models
are adequate for modeling strong density contrasts, like
the ocean bottom, the basement, the crust–mantle inter-
face, and are optionally used jointly with the concept of
isostasy. The methods assuming a spatially restricted
source are suited in the exploration of superficial bodies
as ore bodies, diamond bearing Kimberlyte cylinders,
and salt domes. The methods using a density interface
are used to define the ocean bathymetry from the gravity
field or to determine the Moho, especially in remote areas
where seismic studies are scarce or insufficient (Silva
et al., 2006; Smith and Sandwell, 1997; Braitenberg
et al., 2002). The other way to cope with the problem
implies joint analysis of the gravity anomalies together
with supplemental geophysical information, in particu-
larly with seismic data that identify the basic structure of
the Earth interiors. Using this method, it is possible to con-
struct advanced models, which describe the structure of
the Earth more reliably. Two basic interpretation tech-
niques are used within this approach: forward method
and inverse method (Blakely, 1995) (see also Gravity
Method, Principles).
Gravity anomalies: conditions and enhancement
Spatial resolution of the gravity anomalies should be
adapted to the scale and purpose of the study; it should
be equal or better than the size of the smallest object
of interest. Local studies range from meters to several
tens of kilometers. They are chiefly intended to geo-
physical prospecting, archaeological and construction
purposes. It is also a useful tool to investigate local
tectonics, for example, related to volcanic activity. If
possible, gravity anomalies defined at the original obser-
vation points should be used for these investigations. It
is desirable to remove a regional trend from the observed
anomalies. It is clear from Equation 2 that the gravity
effect of any source rapidly decreases when we move
this source to a greater depth. A useful approximation
may be obtained from a spectral representation of the
gravity field. A gravity effect of density variations at
depth Z having the wavelength L is reduced by the
factor:
expð�2pZ=LÞ; (5)

compared to the effect of near-surface variations.
Regional studies range from tens to first thousands of

kilometers. They include various tectonic applications.
The required resolution of the gravity anomalies is within
approximately 50–300. Since the original field contains
sharp variation, a special attention should be paid to the
data preparation. Normally, the observed values are aver-
aged over the compartments that correspond to the grid
used in the study. Global studies include the whole Earth
and are intended to investigate structure of the planet
down to the core–mantle boundary as well as global man-
tle convection. The required data resolution normally
ranges from 1� to 5�.

Enhancement of the gravity anomalies.
A straightforward way to reduce the ambiguity of the
gravity interpretation is to calculate the gravity effect of
those structures, which are known from other geophysical
methods, and to remove it from the observed anomalies.
Then, the residual will highlight the gravity effect of
“unknown” heterogeneities. Bouguer gravity anomalies
represent the first step of the gravity “stripping.” How-
ever, this procedure may be extended using the data on
the crustal structure obtained from seismic studies.
Attempts to calculate residual “crust-free” gravity anoma-
lies have been made since the first seismic profiles were
measured but a reliable 3D model could be constructed
only after sufficient initial data on the crustal structure
had been accumulated. One of the first maps of the resid-
ual gravity field covering a considerable part of North Eur-
asia was calculated by Artemjev et al. (1994).

After construction of 3D models of the crust based on
seismic data, this method of the gravity interpretation
has been extensively used over the last decade (e.g.,
Yegorova and Starostenko, 2002; Kaban et al., 2003,
2010). Detailed maps of sedimentary basins and their den-
sity structure are available from numerous prospecting
surveys. A number of seismic data showing crustal struc-
ture down to the crust–mantle boundary (Mohorovičić
discontinuity) has also significantly increased. Based on
these data, a number of 3D crustal models with regional
and global coverage have been compiled (e.g., Mooney
et al., 1998; Tesauro et al., 2008). Density distribution
within the crystalline crust is determined based on the rela-
tionships between seismic velocity and density (e.g.,
Christensen and Mooney, 1995). Then, it is possible to
calculate gravity effect of the crustal layers and to remove
it from the observed field. The modern calculation
methods employ integral equations similar to Equation 2
(also in a spherical case) and can provide any desirable
accuracy (e.g., IGMAS, http://www.gravity.uni-kiel.de/
igmas/). While doing these calculations, it is important
to include the regions surrounding a study area (Kaban
et al., 2004). The distance, on which this effect might be
important, may be estimated from Equation 5. For the con-
tinental regions with deep crust–mantle boundary this dis-
tance should be at least 500 km. One of the most recent
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global maps of the residual mantle anomalies is shown in
Figure 1 (Kaban et al., 2003). This map is extensively used
in studies of the mantle structure and dynamics.

Forward method
A gravity model is constructed using an iterative
approach. This type of interpretation is used when velocity
models obtained from seismic profiles are used to con-
strain the density model. An initial model is constructed
based on a priori data and modeling assumptions. The ini-
tial structure is based on seismic boundaries, and seismic
velocities are converted to densities. The model’s gravity
anomaly is calculated and compared with the observed
field. Then, the model parameters are adjusted using an
iterative process to improve the fit between the modeled
and observed anomalies. At the first stage, density of the
seismic blocks is modified. If the fit is not sufficient, seis-
mic boundaries might be changed as well. One example of
such interpretation along the URSEIS profile crossing the
southern Urals is shown in Figure 2 (Kimbell et al., 2002).

Inverse method
In the inverse method, model parameters are automatically
determined by solving Equation 4. This technique is also
used for joint interpretation of the gravity and seismic
data. For the regional seismic profiles it was developed
by Strakhov and Romanyuk (1985), whereas for global
studies based on tomography data, by Hager and
O’Connel (1981). The idea of the method implies use of
seismic velocities to stabilize the solution of Equation 4.
Instead of determining density variations in each grid
point of the 3D model, a velocity–density relationship
−400 −300 −200 −100 0

Gravity Anomalies, Interpretation, Figure 1 Residual “mantle” an
(relative to a horizontally homogeneous reference model) from the
for selected blocks and layers should be introduced. This
relationship may vary significantly; however, it is rather
stable for similar compositions and physical conditions.
Therefore, after selecting several blocks and layers, which
are supposed to obey the same conditions, it is possible to
determine a very limited number of the model parameters
(velocity-to-density scaling factors for the specified
blocks and layers). This provides the possibility to obtain
a unique and stable solution of the inverse problem.
A clear advantage of the inverse method with respect to
the forward modeling is that it provides a possibility to
quantitatively control sensitivity of the gravity anomalies
to variations of the model parameters and their
uncertainties.

The initial density model is usually produced by
a simple linear conversion of the velocity disturbances
into density variations. The initial scaling factors (cj

0)
are based on mineral physics and petrological data ( j is
the number of the selected layer or block). In the inversion
they should be rescaled in a least squares adjustment. The
inversion can be performed in both space and spectral (or
spherical harmonic) domains. The scaling coefficients aj
(to rescale the initially adopted values) are estimated by
minimizing the function (Kaban and Schwintzer, 2001):
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aj âj � 1
� 	2

;

(6)

where dgij is the initial gravity effect of layer or block j at
the surface grid point i characterized by the gravity
400
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omalies obtained after removing the gravity effect of the crust
observed field (Kaban et al., 2003).
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anomaly dgiobs. cos j
i is a formal weight factor to account

for the convergence of the meridians in the equal-angular
grid. It is not required in case of the equal-space grid or
spherical harmonic inversion. The last term is used to sta-
bilize the solution. In this case it requires that the estimated
scaling factors should not be significantly different from
the initial ones. a controls strength of regularization. In
favorable cases it could be even reduced to zero. Equa-
tion 6 leads to the normal equation system with a dimen-
sion equal to the number of the unknown scaling factors

Bâ ¼ c (7)

System (7) is solved for the vector â by inversion of the
-0.1

0.0
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Depth (km)

Gravity Anomalies, Interpretation, Figure 3 The velocity-to-
density scaling coefficients adjusted for “normal” and
“anomalous” oceanic areas, respectively, compared with the
result for the whole oceanic area. Only the scaling coefficients
and standard deviations for the uppermantle are shown, but the
inversion was performed for the whole mantle (Kaban and
Schwintzer, 2001).
normal matrix B. The solved-for parameters âj are used to
rescale the initial values. The coefficients’ standard
deviations sĉj resulting from the fit in the least
squares adjustment then are

sĉj ¼ c0j sâj ; sâj ¼
ffiffiffiffiffiffiffiffiffiffiffiffi
1
f
w2qjj

s
; (8)

where qjj is the diagonal element of B�1, f is the degree of
freedom (Kaban and Schwintzer, 2001).

In global studies this technique is used for interpreta-
tion of both geoid and gravity anomalies. Geoid is more
sensitive to the effect of deep interiors, whereas a use of
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the gravity anomalies provides better resolution, espe-
cially for the upper mantle (e.g., Simmons et al., 2009).
An example of such study is shown in Figure 3. The veloc-
ity-to-density scaling factor is determined for the oceanic
upper mantle in the joint inversion of the residual mantle
gravity anomalies and seismic tomography (Kaban and
Schwintzer, 2001). The obtained density–velocity ratios
for the subcrustal layer (down to 75 km) and for the deep
part of the oceanic upper mantle (below 225 km) are very
close to the ones predicted from the mineral physics anal-
ysis. However, for the oceanic layer involving the depths
75–225 km a significantly lower density–velocity ratio
is obtained. This may be explained by a compositional
layering: dry, partially depleted peridotite residuum under-
lain by “damp” fertile peridotite and separated by the
G discontinuity at a depth of about 70 km. This result is
important for geodynamic modeling. It evidences that
the base of an oceanic lithosphere plate is defined by
a compositional rather than thermal boundary layer or, at
least, the base is strongly influenced by a compositional
boundary.
Summary
Due to new interpretation techniques and increased com-
puter power, most of the computational problems related
to the forward and inverse gravity modeling, which caused
big problems even recently, are solved. For example, the
direct computations using Equation 2 may be performed
for on large grids taking into account 3D density varia-
tions. Also a principal difference from the early-stage
period is that the interpretation of the gravity anomalies
is performed now in combination with other methods.
The most profitable results are obtained from the integra-
tive interpretation of the gravity and seismic data. Further
combination with geothermal data provides the possibility
to separate the effects of temperature and composition var-
iations within the Earth. The obtained density models are
used in various applications. This information is essential
for a geodynamic modeling that results in determination of
the mantle flows, tectonic forces moving the lithosphere
blocks, and stress distribution in the crust and mantle at
both regional and global levels. Interpretation of the grav-
ity anomalies is also widely used in geophysical
prospecting. In some situations the seismic investigations
fail to give results, for example, when a high velocity layer
masks the underlying low-velocity layers. Here the gravity
and magnetic investigations are the principal means to
obtain information on the underlying structure.

Two principal problems should be a key issue for the
gravity modeling in future. As it was shown, reliability
of the gravity modeling depends on additional data used
in the interpretation. Therefore, it is necessary to bring
together data from various disciplines, which might be
used in construction of integrative interpretation models.
Geophysicists just started approaching this ultimate goal.
The second principal issue is improvement of the tech-
nique for integrative interpretation. In particularly, special
attention should be paid to solution of nonlinear inverse
problems and to ultrahigh dimension problems.
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Synonyms
Gravity: spectral methods; Potential field transforms

Definition
Spectral analysis. Estimation and analysis of global fre-
quency content of a signal, assumed stationary, most often
using the Fast Fourier Transform (FFT).
Potential field transformations. Process of converting
gravity (or magnetic) survey data into a new and physi-
cally meaningful form to facilitate its geological
interpretation.
Euler and Werner deconvolution. Methods for automati-
cally estimating depths to sources from gravity (or mag-
netic) survey data.
Wavelet analysis. Estimation and analysis of local fre-
quency content of a non-stationary signal, using
a wavelet transform (WT).

Introduction
The use of spectral analysis to interpret gravity anomalies
goes back to the 1930s, but the modern approach in terms
of the Fourier transform (FT) was developed in the 1960s
and 1970s. Most of the methods are equally applicable to
magnetic data, which is their more common area of use
because of the huge volume of aeromagnetic data now
available. Here we will not generally distinguish between
the two, though the magnetics case is complicated by the
fact that the field and magnetization directions are not in
general the same or vertical. Blakely (1995) provides an
excellent introduction to the subject, which he divides into
two basic aspects: spectral modeling and potential field
transformations.

In spectral modeling, the major advantage of working
in the wave-number (k = 2p/l) domain, after Fourier
transforming the data, is that it offers simplifications and
insights into the relation between anomalies and their
sources. For example, the FT of the gravity anomaly over
a thin horizontal layer of variable surface densitys(x,y), at
depth d, is simply the product of the FT of s with
a constant times e�|k|d. Other models similarly separate
into products of factors.

Potential field transformations can be carried out in the
space domain by either numerical integration or convolu-
tion, but in the wave-number domain, the simple forms of
the transformations offer considerable insight. They
include upward and downward continuation, and vertical
and horizontal derivatives, all of which have their uses in
enhancing resolution and separating anomalies.

Both aspects were made practical by the development
of the FFT, though it should be noted that there are impor-
tant differences between the theoretical (continuous, infi-
nite) FT and the (discrete, finite) FFT – see below.

The FTassumes that the statistical properties of the data
do not vary spatially (i.e., the data are stationary), which
may not be the case with real data. The wavelet transform
allows spectral analysis without this assumption and
therefore promises improvements over the FT.
Spectral modeling
Many applications of spectral modeling have been
devised: for example, Blakely (1995) gives expressions
for the FTof the anomalies for a number of simple models.
Here just two of the more commonly used methods will be
described.

Parker (1972) extended the simple horizontal layer
model (mentioned above) to the case of a layer bounded
by irregular top and bottom surfaces. This allows the very
rapid calculation (via the FFT) of the gravity anomaly over
a square grid for such common cases as sedimentary
basins, marine Bouguer corrections from bathymetry,
and Airy isostatic corrections from topography.

The method of statistical models was pioneered
by Spector and Grant (1970) for interpreting magnetic
data. In the gravity case, the method assumes that the
anomalous field results from an ensemble of dense vertical
prisms where each of the model parameters is randomly
distributed with uniform probability about a mean value.
As mentioned above, the FT of the anomaly of each
prism is the product of several factors, notably a depth
factor (e�|k|d), a depth extent (t) factor (1 � e�|k|t), and
a size factor (a function of the width and breadth of the
prism). The method employs the radial power spectrum
of the observed anomaly, i.e., averaged over concentric
annular rings in the (kx, ky) plane, implying that isotropy
is assumed. The theoretical power spectrum for the ensem-
ble of prisms is the product of the ensemble averages of
the square of each of the above factors. If the ranges of
the parameters are not too large, the ensemble averages
will approximate the factors for their mean values. At
wavelengths much larger than the body dimensions, the
size factor tends to a constant. This is equivalent to assum-
ing a dipole, rather than prism, model. Then the mean
depth and depth extents can be estimated by plotting the
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logarithm of the power spectrum. The depth factor gives
a straight line of slope – 2d at medium to large k, and
the depth extent factor causes this slope to decrease as k
decreases, giving rise to a maximum. Thus in principle
the mean values of both d and t can be estimated. The basic
problem with the method lies in knowing to what extent
the assumptions are justified. If the body dimensions are
not small compared to the wavelengths, then it may be
possible to estimate their average values, calculate a size
factor, and hence correct the power spectrum. But if
parameter values are not completely random and
uncorrelated, but are self-similar or fractal (for which there
is some evidence) then the power spectrumwill be propor-
tional to a power of k, invalidating depth estimates. See
Blakely (1995) for references.

Potential field transformations
Transformations of gravity and magnetic data have a long
history in applied geophysics (e.g., Grant andWest, 1965),
since their utility was realized long before they could be
easily and accurately applied. Three examples of transfor-
mations that are commonly used in gravity interpretation
are listed below with their uses.

(a) Vertical derivative: largely eliminates the regional and
improves resolution.

(b) Upward continuation: very efficiently attenuates near-
surface effects; used as a standard “separation filter”
(Jacobsen, 1987).

(c) Downward continuation: enhances resolution, i.e., it
allows the separation of closely spaced or overlapping
anomalies; approximate inversion for a uniform
density layer.

These operations depend on a theorem from potential
theory stating that the gravity potential caused by any
3D density distribution is identical to that of a thin layer
of mass spread over one of its equipotential surfaces. This
is Green’s equivalent layer (Blakely, 1995). For example
in the case of upward continuation of gravity data mea-
sured on a level surface at height z0 to a second level sur-
face Dz above it, the equivalent layer is taken to lie in the
measurement plane. The theoretical formula for the
upward continued field at a point P (x, y, z0 +Dz) is an inte-
gral over the complete (and infinite) plane measurement
surface since each point in that plane acts as an element
of mass. This integral can then be written as
a convolution of the data with Dz/r3, where r is the dis-
tance from point Q in the z0 plane to point P. Fourier
transforming this expression reveals that the FT of the
upward continued data is the product of the FTof the mea-
sured data and e�|k|Dz, where k = √(kx2 + ky

2) = 2p/l
(radians/m). This simple view of upward continuation as
a filter with wave-number response e�|k|Dz offers physical
insight that explains immediately why the operation is
effective at attenuating (exponentially) near-surface
density anomalies.

The responses of some other common transforms
are: downward continuation through height Dz, e|k|Dz;
vertical derivative, |k|; vertical integral (potential), 1/|k|;
x-derivative, ikx. One transform that is particularly useful
in mapping is the horizontal gradient amplitude (HGA):
√[(@g/@x)2 + (@g/@y)2] whose maxima occur vertical con-
tacts. Another is the analytic signal amplitude (ASA):
√[(@g/@x)2 + (@g/@y)2+ (@g/@z)2].

Using the FFT is much faster than either numerical inte-
gration or convolution, except for very small arrays of fil-
ter coefficients such as the centered difference
approximation generally used for horizontal derivatives.
It also implies certain requirements of the data (usually
met by preprocessing) because the FFT differs from the
continuous FT in important ways (e.g., Blakely, 1995).
First, it is discrete, with (1D) data spacing Dx, which
means that the FFT is periodic, repeating itself every k =
2p/Dx. This leads to aliasing of wave numbers outside
the band defined by the Nyquist wave number k = � p/Dx
into the FFT at smaller wave numbers, unless the data
are band limited. The preprocessing can include an
antialias filter to ensure this. Second, the FFT is a finite
summation over a data length NDx, rather than the infinite
integral of the FT, and hence implicitly assumes that the
data set is periodic, infinitely repeating itself or, equiva-
lently, circular with the last point next to the first. To avoid
first order discontinuities at the data edges (which would
lead to the Gibbs effect), the preprocessing then includes
extending the data in such a way as to produce a smooth
transition between neighboring repetitions. With these
precautions, the FFT method is capable of accurate results
for most transformations, unless they require amplifica-
tion of wave numbers that are not present in the data,
due to it’s being either too short (and therefore lacking
low wave numbers – below 1/NDx) or digitized with too
large an interval Dx, or otherwise inaccurate.

A modern example of an application that uses
a transformation via the FFT occurs in processing data
from the FalconTM airborne gravity gradiometer system,
whose sensor measures the horizontal curvature compo-
nents (Dransfield and Lee, 2004; Nettleton, 1976). The
easiest way to convert these components to the more
familiar vertical gradient is to grid them and then apply
a complex transformation via the FFT.
Euler and Werner deconvolution
These are approximate inversion methods for automati-
cally locating the depths to the tops of multiple sources.
The principles of both methods are dealt with by Blakely
(1995). The name is by analogy with seismic
deconvolution where seismic reflection arrivals are
converted into impulses representing reflectors. The
methods are similar in many ways, but Werner’s method
in its original form is only applicable to aeromagnetic pro-
file data, whereas the Euler method can be applied to pro-
files or grids of magnetic or gravity data. However,
generalizations of the methods to different types of gradi-
ent data have been made and it has been shown that
Werner’s method using the analytic signal is in fact
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a special case of Euler deconvolution (Nabighian and
Hansen, 2001). Werner’s method will not be described in
detail, but his idea was to linearise the magnetic anomaly
on a profile perpendicular to a thin dipping dyke, which
contains four unknowns; hence any four measurements
along the profile will give four simultaneous equations
which can be solved for the position and depth of the top
of the dyke.
Euler deconvolution
Euler deconvolution (Thompson, 1982; Reid et al., 1990)
is very similar but uses a more general equation than that
of a dyke, namely Euler’s equation, which can approxi-
mately model the behavior of many different simple
sources. Euler’s equation is satisfied by any homogeneous
function f(x, y, z) of degree n (one that is invariant under
scaling) and can be written:

x
@f
@x

þ y
@f
@y

þ z
@f
@z

¼ �nf

For example, f = 1/r satisfies this equation with n = 1,

implying that so does the potential of a point mass. The
degree n is called the structural index, and defines the
attenuation rate of the field f due to the particular source.
Examples for gravity field anomalies are (Fitzgerald
et al., 2004): point mass, 2; line mass, 1; finite step, 0; con-
tact, –1. Reid et al. (1990) showed that certain extended
bodies like thin dipping sheets (e.g., irregular dykes and
sills) can also satisfy Euler’s equation, but this is not
generally true.

In practice, the gradients are generally calculated
from a grid of gravity anomaly data as described above.
In order to locate the center of a body (x0, y0, z0) from
survey data, it is necessary to replace (x, y, z) in Euler’s
equation by (x-x0, y-y0, z-z0). Implementation of a grid
Euler method follows that of a least squares version of
Werner’s method, where simultaneous equations are
formed from a square array (or window) of grid points
of between 3 � 3 and 10 � 10 equations and a LS solu-
tion found for x0, y0, z0 and a background field B (i.e., f
is replace by f-B on the RHS of the equation). In this
case, n cannot be solved for, but must be assumed and
the normal procedure is to try several values and select
the one giving the most consistent results. The procedure
is repeated for all points of the grid, and may generate
large numbers of solutions, many of them unrealistic
because the assumption of a simple source with constant
n for each window is invalid. In practice, most of these
solutions can be easily eliminated by selecting only
those that (a) have standard deviations for x0, y0, z0
(obtained from the LS solution) of <5–10% of the depth
and (b) fall within the window. Another useful way to
restrict the number of solutions is to apply the method
only close to localized anomalies as defined, for exam-
ple, by areas of positive curvature of the horizontal
gradient (HGA).
Extended Euler deconvolution
For the 2D case, Mushayandebvu et al. (2001) discovered
a second equation, similar to Euler’s, for homogeneous
functions that are also invariant under rotation. They
rewrote the two equations for the particular cases of
a magnetic contact and a thin dyke so that their right hand
sides include terms involving the susceptibility and dip.
Their extended Euler method finds solutions satisfying
both equations that yield susceptibility and dip estimates
as well as x0, y0, and z0. Nabighian and Hansen (2001)
then showed that the additional equation could be written
in terms of theHilbert transform of f (e.g., Li, 2006) which
shows that it is just Euler’s equation applied to the Hilbert
transform. They further extended the new equation to 3D,
in terms of generalized x- and y- Hilbert transforms
(which can be represented and calculated as potential field
transformations with wave-number domain responses
Hx = �ikx/|k| and Hy = �iky /|k|, as shown by Nabighian,
1984). It has been found that, assuming a value for the
structural index and using all three equations for the anom-
aly data and their x- and y- Hilbert transforms gives better-
constrained solutions than using just one equation for the
anomaly data. Moreover, the new equations allow
a number of other possibilities, including solving for the
structural index (Fitzgerald et al., 2004).

Tensor deconvolution
Although gradiometer data can be used with advantage in
Euler deconvolution, Mikhailov et al. (2007) show that
with full tensor (“FTG”) data it is possible to devise
a method that dispenses with data windows and locates
a source beneath each measurement point based on invari-
ants calculated from the five independent tensor compo-
nents. They suggest that since this method appears to
locate the centers of bodies, whereas Euler deconvolution
locates their edges, the methods should complement each
other.

Wavelet analysis, with advantages and limitations
Introduction
The wavelet transform (WT) was developed in the early
1980s, in an attempt to better understand the frequency
content of seismic signals (e.g., Grossman and Morlet,
1984). Whereas the Fourier transform (FT) provides the
amplitudes and phases of all harmonics present in the
entire signal (a global spectrum), the WT yields these
quantities at each time (or space) location of the signal
(local spectra). For instance, the WT of Beethoven’s
Ninth Symphony tells one when to play C major, or when
to play D minor chords. The FT, however, merely tells the
musician that C major and D minor chords occur some-
where in the symphony (e.g., Antoine et al., 2004).

For this reason, theWT is superior in analyzing the har-
monic constituents of non-stationary signals, that is, sig-
nals whose harmonics vary throughout the signal. The
application to the Earth’s potential fields is evident. The
depth, spatial extent, and density/magnetization contrast
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of sources vary widely over a given region, leading to
anomaly maps with clear differences in spectral character-
istics from place to place. The wavelet power spectrum, or
“scalogram,” of such a map thus quantifies the relative
power of each harmonic at each spatial location; in con-
trast, the Fourier power spectrum shows only the total
harmonic composition of the map.

The WT has two distinct forms, termed “continuous”
and “discrete.”Unfortunately, there is no analogy between
this use of the terms and their use with the FT: as men-
tioned, the continuous Fourier transform (CFT) is an inte-
gral equation applied to continuous analytic formulae; the
discrete Fourier transform (DFT) is its specialization to
discretely-sampled signals. Both CFT and DFT, however,
use the same basis functions, the complex exponentials
(sines and cosines). However, with the discrete and con-
tinuous wavelet transforms (DWT and CWT, respec-
tively), the names “discrete” and “continuous” apply not
to the signal, but to the basis functions (the wavelets). So
both CWT and DWTcan be applied to discretely sampled
signals, and the difference between them lies (mainly) in
the wavelets.

Wavelets, whether discrete or continuous, differ from
the basis functions of the FT (infinitely or quasi-infinitely
extending sinusoids and cosinusoids) in that they are
localized in space (or time). That is, while they are oscil-
lating functions (with zero mean value), their amplitude
decays rapidly with distance (or time) from their center.
It is this feature which localizes the wavelet spectra to
a region surrounding the point of interest. Contrast this
with the DFT, where the complex exponentials maintain
their amplitude over the whole study area, rendering local-
ization impossible (though see below). However, a high
degree of localization in the space (or time) domain results
in a poorer degree of localization in the wave-number (or
frequency) domain. This property is referred to as the
uncertainty relation of spectral analysis, by analogy with
Heisenberg’s uncertainty principle of quantum mechan-
ics. In the spectral case, the more localized the position
(small Dx), the higher the uncertainty in the wave-number
content of the signal at that location (large Dk); and vice
versa, according to:

Dx Dk � 2p
For the DFT, since the Fourier transform of a sine wave
is a delta-function (i.e., a spike in the frequency domain),
Dk is very (infinitesimally) small and precise, whereas
Dx is very (infinitely) imprecise. For the WT, there exists
a trade-off between Dx and Dk according to the scaling
of the wavelet.

It is this scaling that allows harmonic analysis. First, the
WTof a given signal is a space (or time) domain convolu-
tion of the signal with scaled versions of a mother wavelet,
giving wavelet coefficients at that scale. When the wavelet
scale is large, the wavelets are stretched (in space or time),
and the convolution yields the low-wave-number (or fre-
quency) components of the signal; when the scale is small
the wavelets are squeezed, and the convolution returns the
high-wave-number (or frequency) components. However,
the uncertainty relation means that large-scale wavelet
coefficients tend to be spatially (or temporally) imprecise
but spectrally precise, while small-scale coefficients will
have the opposite properties.

The difference between the CWT and DWT lies in the
choice of scales. In the DWT, the scales are chosen so that
the wavelets are orthogonal. This naturally limits the range
of scales to the minimum possible without loss of informa-
tion; a property which is obviously preferable for image
compression (e.g., Antoine et al., 2004), and means that
the signal can be reconstructed very rapidly from the
wavelet coefficients. The scales in the CWT, on the other
hand, are not constrained, and the wavelets are hence
non-orthogonal. This, though, offers redundancy in the
wavelet coefficients which can be put to good use in anal-
ysis and interpretation, though reconstruction of the signal
is slower.

The CWT and windowed Fourier transform
There are many kinds of discrete and continuous wavelet,
each having certain properties that prove useful in
a variety of applications. For instance, Morlet wavelets
yield global spectra that best approximate those from the
Fourier transform (Kirby, 2005), while Poisson wavelets
have a close relationship with the Laplacian operator,
lending themselves to potential field applications (e.g.,
Hornby et al., 1999). Furthermore, wavelets may be
defined in N dimensions for analysis of N-dimensional
signals; in geophysics, the most commonly used are
1D and 2D wavelets. Wavelets may also be complex or
real-valued: 2D complex wavelets such as the Morlet
wavelet are anisotropic, while 2D real wavelets, such as
the Derivative of Gaussian wavelets, are isotropic.
Torrence and Compo (1998) provide a description of sev-
eral 1D continuous wavelets, while Kirby (2005) dis-
cusses various 2D continuous wavelets.

The windowed Fourier transform (WFT) is also often
used to recover local spectra from a signal. In this, the
basis functions are windowed complex exponentials;
e.g., the Gabor transform uses a Gaussian window which
slides over the signal. In the WFT, while the frequency
of the complex exponential can increase or decrease, the
window width (Dx) is fixed, meaning a fixed uncertainty
in frequency, by the uncertainty relation. With the CWT,
however, the window width (and hence frequency uncer-
tainty) is variable (and directly related to wavelet scale).
Hence, while the WFT has its uses, it is in general inferior
to the CWT for several reasons, two of which are: (1) the
WFT is not as good at analyzing signals with a large band-
width (Foufoula-Georgiou and Kumar, 1994); and, (2) it is
not as good as resolving closely spaced spikes or disconti-
nuities (Addison, 2002).

Applications
The advantage of being able to estimate local, as opposed
to global, power or phase spectra has seen the WTapplied
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to many disciplines, not just the Earth sciences. Indeed,
a 10-s Scopus search yields over 58,000 articles with
“wavelet” in the abstract, with over 4,000 published in
2009 alone. Foufoula-Georgiou and Kumar (1994),
Kumar and Foufoula-Georgiou (1997), Addison (2002),
and Antoine et al. (2004) discuss many. For example,
Moreau et al. (1997) and Hornby et al. (1999) show the
usefulness of the CWT for location and edge-detection
of sources within potential field data, and subsequent
inversion of the wavelet coefficients, by considering the
vertical variation of the field and its horizontal derivatives.
Ridsdill-Smith and Dentith (1999) also tackle derivatives,
but they use the DWTwhich enables localized frequency-
filtering. In another application of the CWT, Panet et al.
(2006) reveal density anomalies below Pacific island vol-
canoes from the new satellite gravity data. And Kirby and
Swain (2009) use the CWT to estimate spatial variations in
lithospheric elastic thickness via a coherency analysis in
the wavelet domain. Finally, there are several types of
spherical, rather than planar, wavelet transform, which
lend themselves to studies in geodesy (e.g., Klees and
Haagmans, 2000; Keller, 2004; Chambodut et al., 2005).

Summary
This contribution outlines the theory and practice of
a number of methods for rapidly processing gravity data
that are in the form of a grid. The term “processing” here
includes transformations, spectral estimation and model-
ing, and “deconvolution” to produce depth estimates.
These are all widely used methods that are equally appli-
cable to grids of aeromagnetic data. We also introduce
the continuous wavelet transform which has many poten-
tial applications in gravity processing, few of which
appear to have been widely used as yet.

A more extensive review of the gravity method, with
comprehensive reference list, can be found in Nabighian
et al. (2005).
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Synonyms
Gravity effect of shallower and deeper bodies; Isostatic
anomaly

Definition
Free-air correction. Accounts for the effect of elevation
between the observation point and the datum.
Bouguer correction. Accounts for the effect of material
between the observation point and the datum.
Observed Bouguer gravity anomaly. Gravity field after
corrections for instrumental drift, free-air, Bouguer,
terrain, and latitude.
Regional Bouguer gravity anomaly. Gravity anomaly due
to deeper and broader structures.
Residual Bouguer gravity anomaly. Bouguer gravity
anomaly due to shallower bodies.
Isostatic anomaly. Bouguer gravity anomaly corrected for
isostatic crustal root.
Interpolating or shape function. The weighting functions
(coefficients) used to compute the regional Bouguer
gravity anomaly.

Introduction
The observed Bouguer gravity anomaly field (gobs) con-
sists of two components – a regional (greg) and a residual
(gres) that can be expressed by a simple relation:

gobs ¼ greg þ gres

Commonly, the regional Bouguer gravity anomaly is

the longer wavelength field due to deep sources, whereas
the residual Bouguer gravity anomaly corresponds to short
wavelength fields of shallower bodies. The short wave-
length fields die off with depth.

However, in practice, the terminology of a regional
gravity anomaly varies according to the target of the inves-
tigation, and therefore does not necessarily refer to the
fields generated at crustal or lower crustal depths. If the
target is a mineral deposit located at the depths of
100–200 m, the basement rocks will form the regional
structure. In case of hydrocarbon accumulation, the target
sources are a few kilometers deep, and the regional field is
generated by the rocks at the base of the sedimentary
columns. In the studies involving large-scale structures
like subduction zones, large sedimentary basins, regions
of meteorite impact, etc., the regional fields originate at
lower crustal depths or still greater depths at Moho.

The regional and residual, therefore, are relative terms.
These vary from problem to problem, and from place to
place. The early workers like Griffin (1949), Elkins
(1951), Nettleton (1954), Roy (1961), Steenland (1962),
and Skeels (1967) considered regional and residual from
mineral and hydrocarbon exploration viewpoint. For
a regional gravity survey on a continental scale, the con-
cept of isostasy is evoked (Jachens and Griscom, 1985;
Blakely, 1995; Chapin, 1996) to compute regional and
isostatic anomalies.

In problems where the target bodies occur at shallower
depths, the deeper regional field masks the response of the
shallower targets and effectively acts as a noise. On the
other hand, when the target body lies at greater depths,
the response of shallower bodies becomes noise.

The above discussion points to the fact that it is impor-
tant to separate regional and residual gravity anomalies.
In effect, regional and residual gravity separation is
a filtering process, and it enhances the signal-to-noise
ratio. This step is essential for a precise quantitative
interpretation.

It may be noted that the gravity method was first used in
geodesy. The geodesists assumed the earth to be an ellip-
soid for the processing of the gravity observations. Later
on, the geophysicists used geoid as the reference surface
for processing of gravity data. Therefore, gravity anomaly
and the Bouguer field used by geophysicists is different
from that used by geodesists. The former uses geoid
whereas the latter the ellipsoid as the reference surface.
Of late, there is an attempt to define gravity anomaly that
can be used by both the groups (Hackney and
Featherstone, 2003; Hinze et al., 2005). The processing
techniques are valid for both the datums. Here, the
Bouguer gravity anomaly is considered from the view-
point of the geophysicists.

Regional–residual separation
The regional–residual separation is essentially a filtering
process and is carried out broadly by two techniques:
graphical and analytical. The graphical method is not used
these days anymore but it has historical importance.
A variety of techniques are used in the analytical method.

Analytical methods
The analytical techniques are developed both in space and
frequency domains. Starting from simple four-point and
nine-point averaging, Griffin’s center-point-and-one-ring
(1949), Agocs’ least-squares (1951), Grant’s statistical
(1954) to polynomial fitting (Coons et al., 1967; Rao
et al., 1975; El-Batroukh and Zentani, 1980; Belthrao
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et al., 1991; Agarwal and Shivaji, 1992; Leao et al., 1996)
and second-derivative techniques are in space domain.
Mickus et al. (1991) have developed an algorithm using
the minimum curvature technique to separate the regional
and residual components.

Another approach is to build a density model of the
deep-seated structures with parameters constrained by
independent methods like seismics, aeromagnetics, frac-
tals, spectrals, etc., and to compute their gravity effects.
The fields generated by the deeper sources are subtracted
from the observed Bouguer gravity field to arrive at the
residual gravity anomalies. This approach developed at
USGS employs the theory of isostasy, and is frequently
used to compute isostatic residual anomalies (Jachens
and Griscom, 1985; Blakely, 1995; Lowrie, 1997).
A new deterministic method based on Airy-Heiskanen iso-
static model had been developed by Chapin (1996). This
technique assumes that the topography is fractal. The
algorithm used in this technique inverts the present-day
elevations to determine the depth to the base of the crust.
This depth is then used as input to a three-dimensional
gravity model that computes the gravity response
(regional) of the crust. The regional is then subtracted from
the Bouguer gravity to yield the final isostatic residual.

In the frequency domain, the high-pass, low-pass, and
band-pass filtering techniques (Naidu, 1968; Ulrich,
1968; Cordell, 1985; Pawlowski, 1994) and upward and
downward continuations (Roy, 1966) have been devel-
oped for regional and residual separation. Green’s concept
of an equivalent-source layer is invoked by Pawlowski
(1994) to construct a data-adaptive, zero phase, Wiener
band-pass filter for regional–residual separation
(Pawlowski, 1994). The observed gravity field’s Fourier
power spectrum is modeled with two Green’s equivalent
source layers, one equivalent layer for the shallower
(residual field) geological sources and another for the
deeper (regional field) geological features.
Possible drawbacks in regional computation
In all the above-mentioned analytical techniques, the
Bouguer gravity values of the target source enter into the
computations. Many investigators (Skeels, 1967;
Zurfluch, 1967; Ulrich, 1968; Leao et al., 1996; Ojo and
Kangkolo, 1997) have discovered that these techniques
are not free from inaccuracies. In Griffin’s (1949) center-
point-and-one-ring method, the center point of the compu-
tation moves over the entire map space, including the
anomalous target zone. When the gravity values are
picked up from one such anomalous target zone for aver-
aging, a small residual still remains mixed with the
regional. Besides this, the optimum choice of radius is cru-
cial to arrive at proper residual. Leao et al. (1996) pointed
out that “any attempt to model a complex regional by
a higher-order polynomial will force the polynomial to
represent part of the residual field: thereby distorting the
estimated regional.” In case of two most used techniques,
both least-squares (Agocs, 1951; Coons et al., 1967;
El-Batroukh and Zentani, 1980; Leao et al., 1996) and
spectral methods (Naidu, 1968; Ulrich, 1968; Cordell,
1985; Klasner et al., 1985; Pawlowski, 1994), the residual
is assumed to be zero-mean. Ulrich (1968) and Leao et al.
(1996) observed that a departure from this assumption
may contaminate the residual by pseudo anomalies.

New approach based on finite element
analysis (FEA)
In order to overcome the inaccuracies mentioned above,
a new space-domain operator, based on finite element con-
cept, has recently been developed by Mallick and Sharma
(1997, 1999) and applied to a variety of research problems
(Sharma et al., 1999; Mallick et al., 1999; Mallick and
Vasanthi, 2001; Vasanthi and Mallick, 2001; Kannan and
Mallick, 2003; Vasanthi and Mallick, 2005; Vasanthi
et al., 2006). The method is altogether different from all
the existing techniques in the sense that the observed grav-
ity values over the target zones in the map space do not
enter into the regional computations. This technique is
robust, well performing, and not site specific and over-
comes most of the drawbacks encountered in the existing
analytical methods.

Figure 1a shows an eight-node element in Cartesian coor-
dinates. The center is located at xc, yc with sides 2a and 2b
parallel to x- and y- axes, respectively. The nodes 1 through
8 are shown by filled circles. When a gravity survey is
superimposed by one such element (or interconnected ele-
ments), the regional anomaly can conveniently be approxi-
mated at any point (x, y) inside the element by

gdðx; yÞ ¼
X8
i¼1

Niðx; yÞgi (1)

where d stands for the deeper structures, Ni (x, y) are the
weights or the shape functions (Cheng and Yeo, 1979) of
the element, and gi represent the nodal gravity values.
Although here an eight-node quadratic element is
described, a linear element with four nodes or a cubic ele-
ment with 12 nodes may also be considered. Instead of
working in x–y Cartesian coordinate system, it is simpler
to carry out the computations in a reference element
defined by a nondimensional x–� space. This is achieved
by the following simple substitution,

x ¼ x� xcð Þ
a

; � ¼ y� ycð Þ
b

(2)

These nondimensional coordinates x and � vary

between�1 and 1. Figure 1b shows the reference element
with eight nodes. The regional at any point (x, �) inside
and on the sides of the reference element is rewritten as

gdðx; �Þ ¼
X8
i¼1

Niðx; �Þgi (3)

The nodal gravity values g in Figure 1a are reassigned
i
to the corresponding nodes in the reference element. The
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8 nodal values in the periphery of the gravity survey repre-
sent the regional field.

Equation 3 is an important step in the development of
the computational scheme for the following reasons. First,
since x and � are nondimensional, the reference element
can represent an observed gravity map of any size and
any orientation. Second, only the nodal gravity values, gi
are used to compute the regional. No other gravity values
from the map space enter into the computation, thereby
overcoming the effects of the target zones. It may be noted
here that all other techniques, both in space and frequency
domains, developed so far over the past six decades for the
regional computation do use gravity values lying inside
the survey space. Some of these internal gravity values
are, in fact, due to the target bodies. Therefore, there is
a possibility of the regional anomaly getting contaminated
by a portion of residual anomaly. Third, the weighting
functions Ni (x, �) are defined without ambiguity. The
strength of this approach lies in its simplicity.

Application to gravity surveys
The efficacy of the new technique was put to test in
processing two potential fields – the gravity map of
proven oil field structures in western Texas (Coffin,
1950) chosen from the distant past and the other from
the large-scale structure covering parts of Klamath Moun-
tains and Cascade Range in north-central California
(Blakely, 1995).

Hydrocarbon prospect in western Texas
Figure 2a shows a gravity survey in western Texas (Coffin,
1950). By direct drilling the regions marked A and B have
been proved to be oil-bearing. However, over both A and
B, there are no strong anomalies. The deflections in grav-
ity contours over regions A andB give slight indications of
the presence of the structures. It is evident that a strong
NW–SE regional field masked the gravity effects of the
shallower structures.

In the next step, the regional trend has been removed
from the observed Bouguer gravity field by the present
procedure to arrive at a residual gravity field in Figure 2b.
In order to achieve this, the observed gravity values at
nodes 1, 2, 3, . . ., 8 were used to compute the regional
field and then the residual gravity anomalies. The residual
map clearly brings out two contour closures over the target
responses at A and B. This example makes it clear that the
regional trend does mask the target response. The contours
at B are more spread out since the target here lies deeper
than that at region A.

Klamath mountains and cascade range
(model-based space domain)
A large-scale gravity survey covering parts of Klamath
Mountains and Cascade Range in north-central California
lying between lat. 40� 520 3000 and 42�N, and long. 121�
and 123�W has been taken up.

In order to compute the isostatic residual anomaly,
Jachens and Griscom (1985) had adopted Airy-Heiskanen
isostatic model and made the following assumptions:
(1) A three-layer crust with uniform densities, (2) The den-
sity of the top layer, r = 2,670 kg/m3, (3) Sea-level crustal
thickness, T = 25 km, obtained by seismic refraction sur-
veys, (4) The crust–mantle density contrast, r = 400 kg/m3,
close to the density contrast, r = 385 kg/m3 (Woollard,
1966) obtained by extensive seismic studies, and more than
15,000 density measurements.

In order to cross-check their results, Jachens and
Griscom (1985) had also examined the regional for this
region based on Pratt-Hayford model response with
a depth of compensation of 113.7 km. This regional did
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not differ appreciably from that obtained by Airy-
Heiskanan isostatic model.

Over the same region, the finite element scheme
was employed to compute the regional and the residual
gravity anomalies. In the present computational scheme,
there were no such constraints with regard to density
and crustal thickness. This makes the new technique
unique.
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Figure 3a shows the finite element residual anomalies.
The Klamath Mountains, Cascade Range, and all other
important geological features are evident in this figure.
For a comparison, the model-based isostatic residual
map (Blakely, 1995, Figure 7.21f ) is shown in Figure 3b.
The FEA residual anomalies in Figure 3a, A through
I appear to be better than or comparable to the
corresponding model-based anomalies in Figure 3b.
Summary
The separation of regional and residual components from
the observed Bouguer gravity (and magnetic) anomaly
has remained a subject of debate over the past six to seven
decades. Starting from simple graphical to model-based
estimation of regional, both in space and frequency
domain, the expected uniqueness has not been achieved.
This is due to human judgment and mathematical as well
as geological assumptions. With this backdrop, a new
concept based on finite element theory is described that
performs as good as or often better than the existing tech-
niques both in frequency and space domains. This has
been demonstrated with two examples. FEA technique is
not site specific and can be universally used.
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GRAVITY FIELD OF THE EARTH

Christopher Jekeli
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Definition and scope
The gravitational field of the Earth is generally understood
as the field generated by the masses of the terrestrial body.
However, actual measurements made on the surface
include tidal components due to the sun and moon (and
theoretically other planets) and the atmosphere, as well as
the centrifugal acceleration due to Earth’s rotation. There-
fore, geodesists distinguish between terrestrial gravitation
(mass attraction of the Earth) and gravity (gravitation plus
centrifugal acceleration), where tidal and atmospheric
effects are treated as corrections. This chapter develops
the basic physical concepts of terrestrial gravitation
assumed to be generated solely by the subsurface mass
density distribution. After an introduction to the Newto-
nian gravitational potential and its properties, the subse-
quent sections of the chapter discuss the spatial variation
of the field on and above the Earth’s surface, the geophys-
ical interpretation of the low-degree harmonics of the field,
and briefly the variation of the field inside to the Earth.

Introduction
Historical notes
A study of Earth’s gravitational field is a study of Earth’s
mass structure, its dynamical influence on satellites, and
lately its mass redistribution and transport in time. It is also
fundamentally and historically a geodetic study of Earth’s
shape, described largely (70%) by the surface of the
oceans (and their conceptual continuation under the conti-
nents). Gravitation is a physical phenomenon so pervasive
and incidental that humankind generally has taken it for
granted with scarcely a second thought. The Greek philos-
opher Aristotle (384–322 BC) allowed no more than to
assert that gravitation is a natural property of material
things that causes them to fall (or rise, in the case of some
gases), and the more material the greater the tendency to
do so. It was enough of a self-evident explanation that it
was not yet to receive the scrutiny of the scientific method.
Almost 2,000 years later Galileo Galilei (1564–1642)
finally took up the challenge to understand gravitation
through observation and scientific investigation. His
experimentally derived law of falling bodies corrected
the Aristotelian view and divorced the effect of gravitation
from the mass of the falling object – all bodies fall with the
same acceleration. This truly monumental contribution to
physics was, however, only a local explanation of how
bodies behaved under gravitational influence. Johannes
Kepler’s (1571–1630) observations of planetary orbits
pointed to other types of laws, principally an inverse-
square law according to which bodies are attracted by
forces that vary with the inverse square of distance. The
genius of Issac Newton (1642–1727) brought it all
together in his Philosophiae Naturalis Principia
Mathematica of 1687 with a single and simple all-
embracing law that in one bold stroke explained the
dynamics of the entire universe (today there is more to
understanding the dynamics of the cosmos, but Newton’s
law remarkably holds its own). The mass of a body was
again an essential aspect, not as a self-attribute as Aristotle
had implied, but as the source of attraction for other bod-
ies: each material body attracts every other material body
according to a very specific rule (Newton’s law of gravita-
tion). Newton regretted that he could not explain exactly
why mass has this property (as one still yearns to know
today within the standard models of particle and quantum
theories). Even Albert Einstein (1879–1955) in develop-
ing his theory of general relativity (i.e., the theory of grav-
itation) could only improve on Newton’s theory by
incorporating and explaining action at a distance (gravita-
tional force acts with the speed of light as a fundamental
tenet of the theory). Through the principle of equivalence
of inertial and gravitational mass, Einstein explained grav-
itation as the effect that mass has on the fabric of space-
time. But what actually mediates the gravitational effect
(or, attraction) still intensely occupies modern physicists
and cosmologists.

Gravitation since its early scientific formulation ini-
tially belonged to the domain of astronomers, at least as
far as the observable universe was concerned. Theory suc-
cessfully predicted the observed perturbations of planetary
orbits and even the location of previously unknown new
planets (Neptune’s discovery in 1846 based on calcula-
tions motivated by observed perturbations in Uranus’s
orbit was a major triumph for Newton’s law). However,
it was also discovered that gravitational acceleration
varies on Earth’s surface, with respect to altitude and lati-
tude. Newton’s law of gravitation again provided the
backdrop for the variations observed with pendulums.
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An early achievement for his theory came when he suc-
cessfully predicted the polar flattening in Earth’s shape
on the basis of hydrostatic equilibrium, which was con-
firmed finally (after some controversy) with geodetic mea-
surements of long triangulated arcs in 1736–1737 by
Pierre deMaupertuis and Alexis Clairaut. Gravitation thus
also played a dominant role in geodesy, the science of
determining the size and shape of the Earth, promulgated
in large part by the father of modern geodesy, Friedrich
R. Helmert (1843–1917) (Helmert, 1884).

Knowledge of terrestrial gravitation through the twenti-
eth century was crucial for geodetic determination of
a well-defined reference surface (a level surface) for
heights and to correct astronomic observations of latitude
and longitude for the irregular direction of gravitation
(Heiskanen and Veing Meinesz, 1958; Molodensky
et al., 1962; Heiskanen and Moritz, 1967; Torge, 1989;
Sansò and Rummel, 1997). Also, geophysicists realized
the potential of using gravity measurements to infer sub-
surface structures that could trap oil and gas deposits
(e.g., Heiland, 1940; Nettleton, 1976; Telford et al.,
1990). The Earth sciences increasingly rely on accurate
gravimetry and gravitational models to aid in the interpre-
tation of other sensor data. For example, oceanographers
need an accurate level surface to infer surface currents
from sea surface heights measured by satellite altimetry.
Geophysicists analyzing crust deformation from GPS
measurements of surface point coordinates must know
whether the uplift or subsidence is accompanied by a
change in subsurface mass – is it an elastic or a viscoelas-
tic response? Ice sheet mapping (e.g., in Antarctica) using
airborne laser altimetry must be accompanied with other
sensors, such as gravity meters, that can infer the ice-
bedrock interface. Hydrologists and glaciologists can
now monitor the regional seasonal and secular changes
in water/ice mass as seen by gravitation-mapping satellites
as they continually orbit the Earth. In general, planetary
probes glean significant geophysical information about
their target from the gravitational effect on their orbits as
tracked from Earth.

Other perhaps more utilitarian applications also rely on
gravitational information. For example, longer-term preci-
sion navigation and guidance in the absence of external
references, such as GPS, rely on inertial instruments.
These autonomous navigation systems sense only inertial
acceleration and require gravitational compensation, since
a vehicle follows a path governed by both inertial and
gravitational acceleration (Einstein’s equivalence princi-
ple) (Jekeli, 2000).

Although not as prominent nor as prestigious in modern
scientific endeavors, gravimetry at all scales, from point
measurements to global surveys, continues to hold
a critical, at least desirable place in the quest to answer
a plethora of macroscopic inquiries into Earth’s systems.
For a modern view of the role that knowledge of the
Earth’s gravity field plays in the Earth sciences see Plag
and Pearlman (2009) and references therein.
Newton’s law of gravitation
In its original form Newton’s law of gravitation applies
only to idealized point masses. It describes the force of
attraction, F, experienced by two such solitary masses as
being proportional to the product of the masses, m1 and
m2; inversely proportional to the square of the distance,
‘, between them; and directed along the line joining them,
as expressed by the unit vector, n:

F ¼ G
m1m2

‘2
n: (1)

G is Newton’s gravitational constant that takes care of the
units between the left- and right-hand sides of the equa-
tion; it can be determined by experiment and the current
accepted value is (Mohr et al., 2008):

G ¼ 6:67428� 0:00067ð Þ � 10�11m3= kgs2
� 	

: (2)

The unit vector in Equation 1 is directed from either

point mass to the other, and thus the gravitational force
is attractive and applies equally to one mass as the other.
Newton’s law of gravitation is universal as far as we know,
requiring reformulation only in Einstein’s more compre-
hensive theory of general relativity, which describes grav-
itation as a characteristic curvature of the space-time
continuum (Newton’s formulation assumes instantaneous
action and differs significantly from the general relativistic
concept only when very large velocities or masses are
involved, or, conversely, in applications of extremely high
precision).

We can ascribe a gravitational acceleration to the grav-
itational force, which represents the acceleration that one
mass undergoes due to the gravitational attraction of the
other. Specifically, from the law of gravitation, we have
(for point masses) the gravitational acceleration of m1
due to the gravitational attraction of m2:

g ¼ G
m2

‘2
n: (3)

The vector g is independent of the mass, m1, of the body
being accelerated (which Galileo found by experiment).

By the law of superposition, the gravitational force, or
the gravitational acceleration, due to many point masses
is the vector sum of the forces or accelerations generated
by the individual point masses. Manipulating vectors in
this way is certainly feasible, but fortunately a more appro-
priate concept of gravitation as a scalar field simplifies the
treatment of arbitrary mass distributions.

This more modern view of gravitation (adopted by
eighteenth- and nineteenth-century mathematicians, such
as Lagrange (1736–1813), Gauss (1777–1855), and
Green (1793–1841)) holds that it is a field having
a gravitational potential, V, defined in terms of the gravita-
tional acceleration, g, that a test particle would undergo in
the field according to the equation

=V ¼ g; (4)
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where= is the gradient operator (a vector). We use here the
convention that the potential is always positive. Further
elucidation of gravitation as a field grew from Einstein’s
attempt to incorporate gravitation into his theory of special
relativity where no reference frame has particular signifi-
cance above all others. It was necessary to consider that
gravitational force is not a real force (i.e., it is not an applied
force, like friction or propulsion) – rather it is known as
a kinematic force, that is, one whose action is proportional
to the mass on which it acts (like the centrifugal force); see
Martin (1988). Under this precept, the geometry of space is
defined intrinsically by the gravitational fields contained
therein. We continue with the classical Newtonian poten-
tial, but interpret gravitation as an acceleration different
from the acceleration induced by real, applied forces. This
becomes especially important when considering the mea-
surement of gravitation (Jekeli, 2007).

The gravitational potential,V, is a scalar function, and it
is derived directly on the basis of Newton’s law of gravi-
tation. To make it completely consistent with this law
and thus declare it a Newtonian potential, we must impose
the following conditions of regularity at infinity:

lim
‘!?

‘V ¼ Gm and lim
‘!?

V ¼ 0; (5)

where m is the attracting mass. It easily follows from
Equations 3–5 that the gravitational potential at any point
in space due to a point mass is

V xð Þ ¼ Gm x0ð Þ
x� x0j j ; (6)

where ‘ ¼ x� x0j j is the distance from the mass point, x0,
to the evaluation point, x, of the potential. Note that the
field of a point mass has a singularity at x ¼ x0.

Applying the law of superposition, the gravitational
potential of many point masses is the sum of the potentials
of the individual points. And, for infinitely many points in
a closed, bounded region with infinitesimally small
masses, dm, the summation changes to an integration:

V xð Þ ¼ G
Z

mass

dm x0ð Þ
x� x0j j: (7)

Changing variables, dm x0ð Þ ¼ r x0ð Þdv, where r repre-
sents density (mass per volume) and dv is a volume ele-
ment, we have:

V xð Þ ¼ G
ZZ

v

Z
r x0ð Þ
x� x0j j dv: (8)

In spherical polar coordinates the evaluation and inte-

gration points are y; l; rð Þ and y0; l0; r0ð Þ, respectively.
The volume element in this case is given by
dv ¼ r02 sin y0 dl0 dy0 dr0. It is readily shown that if the
coordinate origin is placed at x, then
dv ¼ x0j j2 sin y0 dl0 dy0 dr0, and the apparent singularity
disappears – the integral is said to be weakly singular.
Indeed, the potential of a volume of mass density is contin-
uous and differentiable everywhere.

Suppose the density distribution over the volume
depends only on radial distance (from the center of mass,
assumed to be at the origin): r ¼ r r0ð Þ, and that the eval-
uation is at an exterior point. The surface bounding the
masses necessarily is a sphere (say, of radius R) and with
an appropriate choice of coordinates, one easily shows
(e.g., Jekeli, 2007) that the integral (Equation 8) becomes:

V y; l; rð Þ ¼ GM
r

; r � R; (9)

where M is the total mass bounded by the sphere. To
a reasonably good approximation the Earth’s density
structure is spherically symmetric (see Chap. 4), and the
external gravitational potential is that of a point mass
(the approximation is valid to one part in two thousand).

Besides volumetric mass (density) distributions, it is of
interest to consider surface distributions. Imagine an infin-
itesimally thin layer of mass on a surface, s, where the
units of density in this case are those of mass per area.
Then, analogous to Equation 8, the potential is:

V xð Þ ¼ G
Z

s

Z
k x0ð Þ
x� x0j j ds; (10)

where k is the surface mass density. In this case, V is
a continuous function everywhere, but its first derivatives
are discontinuous at the surface.

Now, imagine two infinitesimally close density layers
(double layer, or layer of mass dipoles), where the
units of density are those of mass per area times length.
The potential in this case is given by Heiskanen and
Moritz (1967, p. 8):

V xð Þ ¼ G
ZZ

s

k x0ð Þ @

@n
1

x� x0j j

 �

ds; (11)

where @ @n= is the directional derivative along the perpen-
dicular to the surface. Now, V itself is discontinuous at the
surface, as are all its derivatives. In all cases, V is
a Newtonian potential, having been derived from the basic
formula (Equation 6) for a point mass that follows from
Newton’s law of gravitation, Equation 1.

The following properties of the gravitational potential
are useful and foundational for many applications.
First, consider Stokes’s theorem for a vector function, f ,
defined on a surface, s:ZZ

s

= � fð Þ � n ds ¼
I

p

f � dr; (12)

where p is any closed path in the surface, n is the unit vec-
tor perpendicular to the surface, and dr is a differential dis-
placement along the path. From Equation 4, we find
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= � g ¼ 0; (13)

since = � = ¼ 0; and hence, applying Stokes’s theorem,
we find with f ¼ mg that

w ¼
I

p

mg � dr ¼ 0: (14)

That is, the gravitational field is conservative: the work,w,
expended in moving a mass around a closed path in this
field vanishes. In contrast, dissipating forces (real forces!),
like friction, expend work or energy, which shows again
the special nature of the gravitational force.

It can be shown (Kellogg, 1953, p. 156) that the second
partial derivatives of a Newtonian potential, V, satisfy the
following differential equation, known as Poisson’s
equation:

=2V ¼ �4pGr; (15)

where =2 ¼ = � = formally is the scalar product of two
gradient operators and is called the Laplacian operator.
In Cartesian coordinates, it is given by:

=2 ¼ @2

@x2
þ @2

@y2
þ @2

@z2
: (16)

Equation 15 is a local characterization of the potential

field, as opposed to the global characterization given by
Equation 8. Poisson’s equation holds wherever the mass
density, r, satisfies certain conditions similar to continuity
(Hölder conditions, see Kellogg, 1953, pp. 152–3).
A special case of Equation 15 applies for those points
where the density vanishes (i.e., in free space); then
Poisson’s equation turns into Laplace’s equation:

=2V ¼ 0: (17)

It is easily verified that the point mass potential satisfies
Equation 17; that is,

=2 1
x� x0j j


 �
¼ 0; x 6¼ x0: (18)

The solutions to Laplace’s Equation 17 are known as

harmonic functions (here, we also impose the conditions
(Equation 5) on the solution, if it is a Newtonian potential
and if the mass-free region includes infinity). Hence,
every Newtonian potential is a harmonic function in free
space. The converse is also true: every harmonic function
can be represented as a Newtonian potential of a mass
distribution.

Several structures of the Earth’s crust may be approxi-
mated by forms characterized essentially by a two-
dimensional cross section, such as sheets, slabs, dikes,
and faults that extend indefinitely in one dimension. The
gravitational potential associated with such density con-
trasts is known as a logarithmic potential, since the poten-
tial (up to an arbitrary constant) of an infinite, straight line
(that is, a differential element of the cross section) is given
by (Telford et al., 1990; Kellogg, 1953)

dV xð Þ ¼ 2Gm ln
1
r
; (19)

where r is the distance of the evaluation point, x, from the
line and m is the constant linear mass density of the line. If
the line is indefinitely extended in the y-direction, then the
potential of any form with cross A in the x-z plane is

V xð Þ ¼ 2Gm
ZZ

A

ln
1ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

x� x0ð Þ2 þ z� z0ð Þ2
q dx0dz0:

(20)

Strictly speaking, the logarithmic potential is not
a Newtonian potential since it does not vanish when
r ! ? (on account of the arbitrary constant); however,
it is a useful approximation in many geophysical
applications.

Spatial and temporal variation above the surface
This section develops two types of solutions to standard
boundary-value problems when the boundary is
a sphere: the spherical harmonic series and an integral
with a Green’s function. Attention is given to the Dirichlet
boundary-value problem for the exterior region (that
includes infinity). That is, the gravitational potential, V,
satisfies Laplace’s Equation 17 everywhere outside the
sphere, and the solution to this partial differential equation
is sought based on values of V given on the sphere. Other
types of boundary-value problems presume given linear
combinations of zero- and first-order derivatives of the
potential on the boundary. Also, other boundaries that bet-
ter approximate the Earth yield more difficult solutions –
the ellipsoid is relatively easy (Hotine, 1969; Jekeli,
1988); whereas, the Earth’s surface is challenging
(Molodensky et al., 1962; Moritz, 1980). With the spheri-
cal boundary, one obtains a particularly straightforward
spectral representation that allows analysis of the spatial
variation of the field at different wavelengths.

Spherical harmonics
For simple boundaries, Laplace’s Equation 17 is relatively
easy to solve provided there is an appropriate coordinate
system. For the Earth, the solutions commonly rely on
approximating the boundary by a sphere of radius, R. In
spherical polar coordinates, y; l; rð Þ, the Laplacian opera-
tor is given by

=2 ¼ 1
r2

@

@r
r2

@

@r


 �
þ 1
r2

1
sin y

@

@y
sin y

@

@y


 �

þ 1

r2sin2y
@2

@l2
;

(21)

and solutions to =2V ¼ 0 in the space outside a sphere of
radius R, with the center at the coordinate origin, are as
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follows (Kellogg, 1953, p. 143; Morse and Feshbach,
1953, p. 1264; Hobson, 1965, p. 10):

V y; l; rð Þ ¼ Pnmðcos yÞ sinml 1
rnþ1

or

V y; l; rð Þ ¼ Pnmðcos yÞ cosml 1
rnþ1

;

(22)

where PnmðtÞ is the associated Legendre function of the
first kind and n, m are integers such that 0 � m � n,
n � 0. Other solutions exist, but only Equation 22 is con-
sistent with the problem of finding a real-valued Newto-
nian potential for the exterior space of the Earth (regular
at infinity and 2p-periodic in longitude).

The general solution is a linear combination of solu-
tions (Equation 22) for all possible integers, n and m,

V y; l; rð Þ ¼
X?
n¼0

Xn
m¼�n

R
r


 �nþ1

vnm�Ynm y; lð Þ; (23)

where �Ynm are surface spherical harmonic functions
defined as

�Ynm y; lð Þ ¼ �Pn mj j cos yð Þ cosml; m � 0
sin mj jl; m < 0

�
(24)

and �Pnm is a normalization of Pnm so that the orthogonality
of the spherical harmonics is

1
4p

Z

s

Z
�Ynm y; lð Þ�Yn0m0 y; lð Þds

¼ 1; n ¼ n0 and m ¼ m0

0; n 6¼ n0 or m 6¼ m0

� (25)

and where s ¼ y; lð Þj0 � y � p; 0 � l � 2pf g repre-
sents the unit sphere, with ds ¼ sin ydydl. For
a complete mathematical treatment of spherical har-
monics, see Müller (1966). The functions
�Ynm y; lð Þ rnþ1

�
, are also known as solid spherical

harmonics.
The constant coefficients, vnm, known as Stokes’s con-

stants, have identical units of measure. Applying the
P80 (cosq ) P88 (cosq

Gravity Field of the Earth, Figure 1 Spherical harmonics of the typ
orthogonality relation, Equation 25, to the general solution
(Equation 23), these coefficients can be determined if the
function, V, is known on the bounding sphere (Dirichlet
boundary condition):

vnm ¼ 1
4p

ZZ

s

V y; l;Rð Þ�Ynm y; lð Þds: (26)

The spherical harmonic expansion of V, Equation 23,

with Equation 26 for the coefficients is a solution to the
Dirichlet boundary-value problem if the boundary is a
sphere. The solution thus exists and is unique in the sense
that these boundary values generate no other potential.

In a more formal mathematical setting, the solution
(Equation 23) is an infinite linear combination of orthogo-
nal basis functions (eigenfunctions) and the coefficients,
vnm, are the corresponding eigenvalues. One may also
interpret the set of coefficients as the spectrum (Legendre
spectrum) of the potential on the sphere of radius, R (anal-
ogous to the Fourier spectrum of a function on the plane or
line). The integers, n,m, correspond to wave numbers, and
are called degree (n) and order (m), respectively.

The spherical harmonics are further classified as zonal
(m ¼ 0), meaning that the zeros of �Yn0 divide the sphere
into latitudinal zones; sectorial (m ¼ n), where the zeros
of �Ynn divide the sphere into longitudinal sectors; and
tesseral, where the zeros of �Ynm tessellate the sphere
(Figure 1).

Recent global mappings of the Earth’s gravitational
field using satellite observations, specifically the GRACE
mission (Gravity Recovery and Climate Experiment,
Tapley et al., 2004) have emphasized the temporal depen-
dence of the potential due to mass transport on and within
the Earth (hydrologic flux, glacial isostatic adjustment, ice
mass loss). In terms of the global spherical harmonic
expansion this implies a temporal dependence in the
Stokes’s coefficients:

V y; l; r; tð Þ

¼
X?
n¼0

Xn
m¼�n

R
r


 �nþ1

vnmðtÞ�Ynm y; lð Þ: (27)
)cos8l P87 (cosq )cos7l

es, zonal (left), sectorial (middle), and tesseral (right).
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While the spherical harmonic series has its advantages

in global representations and spectral interpretations of
the field, the support region for each of its basis functions
is global, which can be inefficient from the standpoint of
data analysis. As more data are incorporated, or improved,
each coefficient, vnm, must be reestimated. Representa-
tions using local-support basis functions have recently
been developed (e.g., Freeden et al., 1998) and are topics
of current research. Such constructions also permit
multi-resolution decompositions analogous to wavelet
analysis.

Green’s functions
The Green’s function representation of the field also offers
a more regional characterization of the field. Although the
Green’s function strictly has global support, it attenuates
rapidly from the evaluation point of the potential and
reflects that a remote change in boundary value generally
does not appreciably affect the local determination of the
field.

When the boundary is a sphere, the solution to the
boundary-value problem using a Green’s function is easily
derived for the potential from its spherical harmonic series
representation. Additional integral relationships (with
appropriate Green’s functions) among all the derivatives
of the potential can be derived similarly (Jekeli, 2007).
Using the decomposition formula for the nth-degree
Legendre polynomial,

Pn coscð Þ

¼ 1

2nþ 1

Xn
m¼�n

�Ynm y; lð Þ�Ynm y0; l0ð Þ; (28)

where

cosc ¼ cos y cos y0 þ sin y sin y0 cos l� l0ð Þ; (29)

and, substituting the harmonic coefficients, Equation 26,
into the series, Equation 23, we find

V y; l; rð Þ ¼ 1
4p

ZZ

s

V y0; l0;Rð ÞU c; rð Þds; (30)

where with ‘ ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
r2 þ R2 � 2rR cosc

p

U c; rð Þ ¼
X?
n¼0

2nþ 1ð Þ R
r


 �nþ1

Pn coscð Þ

¼ R r2 � R2ð Þ
‘3

:

(31)

The closed formula (right side of Equation 31) comes from
an appropriate manipulation of the Coulomb expansion
(Cushing, 1975, p. 155) for the reciprocal distance,

1
‘
¼ 1

R

X?
n¼0

R
r


 �nþ1

Pn coscð Þ: (32)
Solutions (Equations 23 and 30) to the Dirichlet bound-

ary-value problem for a spherical boundary are identical.
The integral (Equation 30) is known as the Poisson inte-
gral and the function U is also known as Poisson’s kernel.

The disturbing potential
For convenience, one separates Earth’s gravitational
potential into a reference potential (“Normal Reference
Field”) and the disturbing potential, T. The disturbing
potential is harmonic in free space, satisfies Poisson’s
integral if the boundary is a sphere, and is expandable in
a series of solid spherical harmonics:

T y; l; rð Þ ¼ GM
R

X?
n¼0

Xn
m¼�n

R
r


 �nþ1

dCnm�Ynm y; lð Þ
(33)

where M is the total mass (including the atmosphere) of
the Earth and dCnm are unitless harmonic coefficients,
being also the difference between coefficients for the total
and reference gravitational potentials. The coefficient,
dC00, is zero under the assumption that the reference field
accounts completely for the central part of the total field.
Note that these coefficients also specifically refer to the
sphere of radius, R.

The gravity anomaly (in spherical approximation) is
defined by

Dg y; l; rð Þ ¼ � @

@r
� 2

r


 �
T y; l; rð Þ; (34)

or, using Equation 33,

Dg y; l; rð Þ ¼ GM
R2

X?
n¼0

Xn
m¼�n

R
r


 �nþ2

n� 1ð Þ

dCnm�Ynm y; lð Þ:
(35)

The spectral relationship between gravity anomalies and
the disturbing potential, obtained by comparing Equa-
tions 33 and 35, leads to a corresponding Green’s function
that transforms one to the other. This function in geodesy
is called more commonly the Stokes function:

S c; rð Þ ¼
X?
n¼2

2nþ 1
n� 1

R
r


 �nþ1

Pn coscð Þ

¼ 2
R
‘
þ R

r
� 3

R‘
r2

� 5
R2

r2
cosc

�3
R2

r2
cosc ln

‘þ r � R cosc
2r

(36)

and thus (Hofmann-Wellenhof and Moritz, 2005; Jekeli,
2007)

T y; l; rð Þ ¼ R
4p

ZZ

s

Dg y0; l0;Rð ÞS c; rð Þds; (37)
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which is known as Stokes’s integral. This famous equation
in geodesy solves the Robin boundary-value problem for
the sphere: the potential and its normal derivative are
given on the boundary; see Equation 34.

The solution is not unique since, as Equation 35 shows,
the gravity anomaly has no first-degree harmonics, which,
therefore, cannot be determined from the boundary values.
Conventionally, as shown in Equation 36, the Stokes ker-
nel also excludes the zero-degree harmonic and thus the
complete solution for the disturbing potential is given by

T y; l; rð Þ ¼ GM
r

dC00

þ GM

R

X1
m¼�1

R

r


 �2

dC1m�Y 1m y; lð Þ

þ R
4p

ZZ

s

Dg y0; l0;Rð ÞS c; rð Þds:

(38)

The central term, dC , is proportional to the difference
00
in GM of the Earth and reference ellipsoid and is zero to
high accuracy. The first-degree harmonic coefficients,
dC1m, are proportional to the center-of-mass coordinates
and can also be set to zero with appropriate definition of
the coordinate system (see Low-Degree Harmonics as
Density Moments). Thus, the Stokes integral
(Equation 37) is the more common expression for the
disturbing potential, but it embodies hidden constraints.
Spectral contributions
The correlation function of the disturbing potential on
a sphere is defined as (Moritz, 1980; Jekeli, 2010)

fT cð Þ ¼ 1
8p2

Z2p

0

ZZ

s

T y; l;Rð ÞT y0; l0;Rð Þ

sin ydydlda;

(39)

where the points y; l;Rð Þ and y0; l0;Rð Þ are connected by
Equation 29 and their relative azimuth, a,

tan a ¼ � sin y0 sin l� l0ð Þ
sin y cos y0 � cos y sin y0 cos l� l0ð Þ ; (40)

and where the integration is performed over all possible
pairs of these points, with fixed spherical distance, c,
0 � c � p.

Because of its sole dependence on c, fT can be
expressed as an infinite series of Legendre polynomials:

fT cð Þ ¼
X?
n¼0

2nþ 1ð Þ FTð ÞnPn coscð Þ (41)

where the coefficients, FTð Þn constitute the Legendre
transform of fT :
FTð Þn ¼
1
2

Zp

0

fT cð ÞPn coscð Þ sincdc: (42)

Substituting Equations 28 and 39 into Equation 42,

then simplifying using the orthogonality of spherical har-
monics, (Equation 25), and the definition of the Legendre
spectrum, Equation 26, we find:

FTð Þn ¼
1

2nþ 1

Xn
m¼�n

v2nm: (43)

The quantities, Fð Þ , constitute the power spectral
T n
density (psd) of T; and,

cTð Þn ¼ 2nþ 1ð Þ FTð Þn (44)

is known as the degree variance or variance per degree,
since the total variance, from Equation 41, is

fT ð0Þ ¼
X?
n¼0

cTð Þn: (45)

For the first and second radial derivatives of the disturbing
potential, called the gravity disturbance (dg ¼ �@T @r= )
and disturbing vertical-vertical gradient
(dG ¼ @2T @r2

�
), one has analogous psd’s that are related

to the psd of T as follows:

FdGð Þn ¼
nþ 2
R


 �2

Fdg
� 	

n

¼ nþ 2
R


 �2 nþ 1
R


 �2

FTð Þn:
(46)

Using the most recent high-degree Earth Gravitational

Model, EGM08 (Pavlis et al., 2008), Figure 2 illustrates
the relative spectral content of the derivatives of the
(disturbing) gravitational potential. Clearly, the higher
derivatives emphasize the shorter wavelengths (or higher
degrees, higher frequencies). The EGM08model has max-
imum degree 2,160, corresponding to about 9.3 km reso-
lution on the Earth’s surface (180� 2;160= ¼ 5 arcmin).

Low-degree harmonics
The low-degree spherical harmonics of the Earth’s gravi-
tational potential lend themselves to interpretation with
respect to the most elemental distribution of the Earth’s
mass density, which also leads to fundamental geometric
characterizations, particularly for the second-degree har-
monics. Let

CðaÞ
nm ¼ a

GM
R
a


 �nþ1

vnm (47)

be unitless coefficients that refer to a sphere of radius, a,
which is the equatorial radius of the Earth ellipsoid.
(Recall that coefficients, vnm, Equation 50, refer to a sphere
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of radius, R.) Relative to the central harmonic coefficient,
CðaÞ
00 ¼ 1, the next significant harmonic, CðaÞ

20 , is more than
three orders of magnitude smaller; and, the remaining har-
monic coefficients are at least two to three orders of mag-
nitude smaller than that. The attenuation of the
coefficients after degree two is much more gradual
(Table 1), indicating that the bulk of the potential can
be described by an ellipsoidal field. The normal gravita-
tional field is such a field, but it also adheres to
a geodetic definition that requires the underlying ellipsoid
to be an equipotential surface in the corresponding normal
gravity field. The following sections examine the low-
degree harmonics from the two perspectives of interpreta-
tion and reference.
Low-degree harmonics as density moments
Returning to the general expression for the gravitational
potential in terms of the Newtonian density integral
(Equation 8), and substituting the spherical harmonic
series for the reciprocal distance (Equation 32 with 29):

V y;l;rð Þ¼
X?
n¼0

Xn
m¼�n

R
r


 �nþ1
 

G
Rnþ1 2nþ1ð Þ

ZZ

volume

Z
r0ð Þn�Ynm y0;l0ð Þr y0;l0;r0ð Þdv

!
�Ynm y;lð Þ

(48)

yields a multipole expansion (so-called from electrostat-
ics) of the potential. The spherical harmonic (Stokes) coef-
ficients are multipoles of the density distribution:
vnm ¼ G
Rnþ1 2nþ 1ð ÞZZZ

v

r0ð Þn�Ynm y0; l0ð Þr y0; l0; r0ð Þdv:
(49)

One may also consider the nth-order moments of the mass
density (from the statistics of distributions) defined by

mðnÞabg ¼
ZZ

v

Z
x0ð Þa y0ð Þb z0ð Þgrdv;

n ¼ aþ bþ g:

(50)

The multipoles of degree n and the moments of order n

are related, though not all nþ 1ð Þ nþ 2ð Þ 2= moments of
order n can be determined from the 2nþ 1 multipoles of
degree n, when n � 2 (clearly risking confusion, we defer
to the common nomenclature of “order” for moments and
“degree” for spherical harmonics). This indeterminacy is
directly connected to the inability to determine the density
distribution uniquely from external measurements of the
potential (Chao, 2005), which is the classic geophysical
inverse problem.

The zero-degree Stokes coefficient is coordinate invari-
ant and is proportional to the total mass of the Earth:

v00 ¼ G
R

ZZ

v

Z
rdv ¼ GM

R
: (51)

It also represents a mass monopole, and it is proportional
to the zeroth moment of the density.



Gravity Field of the Earth, Table 1 Spherical harmonic
coefficients of the total gravitational potentiala

Degree, (n) Order, (m) CðaÞ
nm CðaÞ

n;�m

2 0 �4.84170E-04 0.0
2 1 �2.39832E-10 1.42489E-09
2 2 2.43932E-06 �1.40028E-06
3 0 9.57189E-07 0.0
3 1 2.03048E-06 2.48172E-07
3 2 9.04802E-07 �6.19006E-07
3 3 7.21294E-07 1.41437E-06
4 0 5.39992E-07 0.0
4 1 �5.36167E-07 �4.73573E-07
4 2 3.50512E-07 6.62445E-07
4 3 9.90868E-07 �2.00976E-07
4 4 �1.88472E-07 3.08827E-07

aGRACE model GGM02S (Tapley et al., 2005)
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The first-degree harmonic coefficients (representing
dipoles) are proportional to the coordinates of the center
of mass, xcm; ycm; zcmð Þ, which are proportional to the
first-order moments of the density, as verified by recalling
the definition of the first-degree spherical harmonics:

v1m ¼ Gffiffiffi
3

p
R2

ZZZ

v

r

r0 sin y0 sin l0; m ¼ �1

r0 cos y0; m ¼ 0

r0 sin y0 cos l0; m ¼ 1

8
>><
>>:

9
>>=
>>;
dv

¼ GMffiffiffi
3

p
R2

ycm; m ¼ �1

zcm; m ¼ 0

xm; m ¼ 1

8>><
>>:

9>>=
>>;

(52)

Nowadays, by tracking satellites, we have access to the
center of mass of the Earth (including its atmosphere)
since it defines the center of their orbits. Ignoring the small
motion of the center of mass (annual amplitude of several
mm) due to the temporal variations in the mass distribu-
tion, we may choose the coordinate origin for the gravita-
tional potential to coincide with the center of mass, thus
annihilating the first-degree coefficients.

The second-order density moments likewise are related
to the second-degree harmonic coefficients (quadrupoles).
They also define the inertia tensor of the body. The inertia
tensor is the proportionality factor in the equation that
relates the angular momentum vector, H , and the angular
velocity, v, of a body, like the Earth:

H ¼ Iv; (53)

and is given by

I ¼
Ixx Ixy Ixz
Iyx Iyy Iyz
Izx Izy Izz

0
@

1
A: (54)

It comprises the moments of inertia on the diagonal
Ixx ¼
ZZ

volume

Z
y02 þ z02
� �

rdv;

Iyy ¼
ZZ

volume

Z
z02 þ x02
� �

rdv;

Izz ¼
ZZ

volume

Z
x02 þ y02
� �

rdv;

(55)

and the products of inertia off the diagonal

Ixy ¼ Iyx ¼ �
ZZ

volume

Z
x0y0rdv;

Ixz ¼ Izx ¼ �
ZZ

volume

Z
x0z0rdv;

Iyz ¼ Izy ¼ �
ZZ

volume

Z
y0z0rdv:

(56)

Note that

Ixx ¼ mð2Þ020 þ mð2Þ002; Ixy ¼ �mð2Þ110; Ixz ¼ �mð2Þ101

Iyy ¼ mð2Þ002 þ mð2Þ200; Iyz ¼ �mð2Þ011

Izz ¼ mð2Þ200 þ mð2Þ020

(57)

and there as many (six) independent tensor components as
second-order density moments. Using the explicit expres-
sions for the second-degree spherical harmonics, we have
from Equation 49 with n ¼ 2:

v2;�2 ¼ �
ffiffiffiffiffi
15

p
G

5R3
Ixy; v2;�1 ¼ �

ffiffiffiffiffi
15

p
G

5R3
Iyz;

v2;1 ¼ �
ffiffiffiffiffi
15

p
G

5R3
Ixz; v2;0 ¼

ffiffiffi
5

p
G

10R3
Ixx þ Iyy � 2Izz
� 	

;

v2;2 ¼
ffiffiffiffiffi
15

p
G

10R3
Iyy � Ixx
� 	

:

(58)

These are also known as MacCullagh’s formulas. Not all
density moments (or, moments of inertia) can be deter-
mined from the Stokes coefficients.

If the coordinate axes are chosen so as to diagonalize
the inertia tensor (products of inertia are equal to zero),
then they are known as principal axes of inertia, or also
“figure” axes. For the Earth the z-figure axis is very close
to the spin axis (within several meters at the pole); both
axes move with respect to each other and with respect to
the Earth’s crust, with combinations of various periods
(daily, monthly, annual, etc.) as well as secularly in
a wandering fashion. Because of these polar motions the
figure axis is not a useful coordinate axis that defines
a frame fixed to the (surface of the) Earth. However,
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because of the proximity of the figure axis to the defined
reference z-axis, the second-degree, first-order harmonic
coefficients of the geopotential, and hence the products
of inertia, Ixz and Iyz, are relatively small (Table 1).

The arbitrary choice of the x-axis of our Earth-fixed ref-
erence coordinate system certainly did not attempt to elim-
inate the product of inertia, Ixy (the x-axis is defined by the
intersection of the Greenwich meridian with the equator;
and the y-axis completes a right-handed mutually orthog-
onal triad). However, it is possible to determine where
the x-figure axis is located by combining values of the sec-
ond-degree, second-order harmonic coefficients. Let u, v,
and w be the axes that define a coordinate system in which
the inertia tensor is diagonal; and, assume that the approx-
imation, Iww ¼ Izz, holds. A rotation by the angle, � l0,
about the w- (also z-) figure axis brings this ideal coordi-
nate system back to the conventional one in which we cal-
culate the harmonic coefficients. Tensors transform under
rotation, defined by matrix, R, according to

Ixyz ¼ RIuvwRT: (59)

With the rotation about the w-axis given by the matrix:

R ¼
cos l0 � sin l0 0
sin l0 cos l0 0
0 0 1

0
@

1
A; (60)

and with Equation 16 it is straightforward to show that

v2;�2 ¼ �
ffiffiffiffiffi
15

p
G

10R3
Iuu � Ivvð Þ sin 2l0

v2;2 ¼ �
ffiffiffiffiffi
15

p
G

10R3
Iuu � Ivvð Þ cos 2l0

(61)

Hence, we have

l0 ¼ 1
2
tan�1 v2;�2

v2;2
; (62)

where the quadrant is determined by the signs of the har-
monic coefficients. From Table 1 and Equation 47, we
find that l0 ¼ �14:929�; that is, the u-figure axis is in
the mid-Atlantic between South America and Africa.

The second-degree, second-order harmonic coefficient,
v2;2, indicates the asymmetry of the Earth’s mass distribu-
tion with respect to the equator. Since v2;2 > 0 (for the
Earth), Equation 61 shows that Ivv > Iuu and thus the
equator “bulges”more in the direction of the u-figure axis;
conversely, the equator is flattened in the direction of the
v-figure axis. This flattening is relatively small:1:1 � 10�5.

Finally, consider the most important second-degree har-
monic coefficient, the second zonal harmonic, v2;0.
Irrespective of the x-axis definition, it is proportional to
the difference between the moment of inertia, Izz, and the
average of the equatorial moments, Ixx þ Iyy

� 	
=2. Again,

since v2;0 < 0, the Earth bulges more around the equator
and is flattened at the poles. The second zonal harmonic
coefficient is roughly 1,000 times larger than the other
second-degree coefficients and thus indicates
a substantial polar flattening (owing to the Earth’s early
more fluid state). This flattening is approximately 0.003.

Normal reference field
A model for the Earth’s gravitational field that is mathe-
matically simple and yet accurate to better than one part
in sixty-three thousand (for the potential) is based on an
ellipsoid of revolution rather than the sphere. The precise
geodetic definition of the normal (reference) gravitational
potential is that it is generated by an ellipsoidal mass that
rotates with the Earth such that the gravitational potential
plus the potential due to the centrifugal acceleration (as
related according to Equation 4) is a constant, U0, on the
ellipsoid. This definition sets up a Dirichlet boundary-
value problem, whose solution is an analytic expression
in ellipsoidal coordinates (Hofmann-Wellenhof and
Moritz, 2005). The boundary is defined by two parame-
ters, the semi-major axis, a, and polar flattening, f, of the
(rotationally symmetric) normal ellipsoid; and the bound-
ary values of the potential are defined by the given con-
stant, U0, and the rotation rate of the Earth, oe (which
specifies the centrifugal potential at any particular lati-
tude). The normal ellipsoid, by definition, is centered at
Earth’s center of mass.

The solution for the normal potential is thus based on
four fundamental constants, Earth’s rotation rate, the size
and shape parameters of the ellipsoid, and a gravitational
scale parameter. The constant, U0, is related to several
other gravitational quantities, such as the value of normal
gravity (mass attraction plus the centrifugal acceleration)
at the equator, or the total mass of the ellipsoid, or it could
simply be taken as the potential value of the geoid. It can
be shown (Hofmann-Wellenhof and Moritz, 2005) that

U0 ¼ GM
E

tan�1 E
b
þ 1
3
o2

ea
2; (63)

where b ¼ a 1� fð Þ is the semi-minor axis,
E ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
a2 � b2

p
is the linear eccentricity of the ellipsoid,

and M is its total mass. The mass density is not constant
within the normal ellipsoid and its variation does not
approximate Earth’s internal structure. Rather the normal
gravity potential (the sum of gravitational potential due
to mass attraction and the centrifugal potential) is
designed to emulate the actual external field, being con-
stant on the ellipsoid, as the actual gravity potential is con-
stant on the geoid.

The normal field is always defined by adopting values
of the four parameters that approximately match the
corresponding actual parameters for the Earth. Before arti-
ficial Earth-orbiting satellites, the gravitational scale could
best be accessed by measuring gravity (e.g., a nominal
value at the equator served as the physical scale parame-
ter). By tracking satellites, the value of GM for the Earth
(total mass including the atmosphere) can be estimated
to high accuracy, and is still used today to define the phys-
ical scale of the normal potential. The ellipsoid parameters
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were traditionally determined from (partially) global geo-
metric surveying networks projected onto a best-fitting
ellipsoid. Today, the semi-major axis is well determined
from a best fit of an ellipsoid to a global set of ocean
heights derived from satellite altimeter data. The polar
flattening, according to “Low-Degree Harmonics as Den-
sity Moments,” is related to the second zonal harmonic of
Earth’s gravitational potential, which likewise can be esti-
mated very accurately from satellite tracking data. The
second zonal harmonic coefficient, the dynamical form
factor, thus serves as the shape parameter for the normal
ellipsoid. Table 2 lists internationally adopted normal
ellipsoids over the past 100 years.

The exact analytical expression for the normal gravity
potential then yields exact expressions for the normal
gravity (and gravitation) and all its gradients. Neverthe-
less, approximate series expressions are sometimes pre-
ferred, especially to conform to a particular coordinate
system. For example, the normal gravitational potential
(due only to mass attraction) in spherical polar coordinates
is given by

V y; l; rð Þ ¼GM
r

1�
X?
n¼2

J2n
a
r

� �2n
P2n cos yð Þ

 !
;

(64)

where with e ¼ E a= (the first eccentricity),

J2n ¼ �1ð Þnþ1 3e2n

2nþ 1ð Þ 2nþ 3ð Þ
1� nþ 5n

J2
e2


 �
;

(65)

and where

J2 ¼ 1
Ma2

Izz � Ixxð Þ ¼ �
ffiffiffi
5

p
R3

GMa2
v2;0 ¼ �

ffiffiffi
5

p
CðaÞ
2;0 ;

(66)

making use of Equations 58 and 47. From Equation 65 it
is clear that only the first few coefficients (say, up to
Gravity Field of the Earth, Table 2 Defining parameters for norm

Reference systema a (m) J2

International ref
system (1930)

6,378,388 1.0920E-03b

GRS67 6,378,160 1.0827E-03
GRS80 6,378,137 1.08263E-03
WGS84 6,378,137 1.08262982131E-03
Best current
valuesc

6,378,136.7 � 0.1
(mean-tide system)

(1.0826359 � 0.000000
(zero-tide system)

aGRS = Geodetic Reference System; WGS = World Geodetic System
bDerived values from defining parameters, f ¼ 1 297= and ga ¼ 9:780
cGroten (2004)
n ¼ 4) are significant for all applications, since
e2 � 0:0066 (Table 3). Also, the normal potential, com-
prising only even zonal harmonics, is independent of lon-
gitude and symmetric with respect to the equator.

Normal gravity (including the centrifugal acceleration)
on the ellipsoid as function of geodetic latitude, f (angle
of the perpendicular to the ellipsoid with respect to the
equator), is given by the Somigliana formula (Moritz,
1980):

g fð Þ ¼ agacos
2fþ bgbsin

2fffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
a2cos2fþ b2sin2f

p ; (67)

where normal gravity on the equator and at the poles is

ga ¼
GM
ab

1� m� m
6
e0q00
q0


 �
; (68)

GM m e0q0

 �
gb ¼ a2
1þ

3
0

q0
; (69)

withm ¼ o2
ea

2b GM= , e0 ¼ E b= (the second eccentricity),
and

q0 ¼ 1
2

1þ 3

e02


 �
tan�1e0 � 3

2e02
;

q00 ¼ 3 1þ 1

e02


 �
1� 1

e02
tan�1e0


 �
� 1:

(70)

At points along the perpendicular to the ellipsoid, the fol-
lowing approximate formula for normal gravity is often
used:

g f; hð Þ ¼ g fð Þ 1� 2

a
1þ f þ m� 2f sin2f
� 	

hþ 3

a2
h2


 �
;

(71)

which is accurate to 1:4� 10�6 m=s2, or better, up to alti-
tude, h ¼ 20;000 m, above the ellipsoid.

Earth’s internal gravitational field
While Earth’s external gravitational field may be deter-
mined entirely from measurements and potential theory,
al ellipsoids of geodetic reference systems

GM (m3s�2) oe (rad s�2)

3.98633E14b 7.2921151E-05

3.98603E14 7.2921151467E-05
3.986005E14 7.292115E-05
3.986004418E14 7.2921151467E-05

1)E-03 (3.986004418 � 0.000000008)E14
(includes atmosphere)

7.292115E-5 (mean
value)

490 m=s2
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n J2n

1 1.08263E-03
2 �2.37091222E-06
3 6.08347E-09
4 �1.427E-11
5 1.2 E-14
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Gravity Field of the Earth, Figure 3 Gravitation and mass
density inside the Earth according to the radially symmetric
PREM.
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the internal field is much less accessible for measurement
and depends on models of the subsurface structure that
can only be inferred from surface measurements and con-
straints provided by various other geophysical observa-
tions. Some have likened the study of the Earth’s interior
to the study of the cosmos – the investigator is incapable
of performing in situ measurements and is left to use vari-
ous (and sometimes ingenious) proxies to infer the Earth’s
interior makeup. Of course, there are borehole measure-
ments and these are probing ever deeper into the Earth’s
crust, but they are isolated and expensive. A complete
reconstruction of the Earth’s (deeper) interior comes at pre-
sent primarily from seismological data by analyzing the
travel times of hundreds of thousands to millions of com-
pressional (P) and shear (S) waves as they pass through
the Earth’s body. Near surface reconstruction also relies
on seismic sounding (seismograms from intentional explo-
sions) as well gravimetry, magnetometry, and other geo-
physical sensors, including ground penetrating radar,
electromagnetic induction, and electric resistivity methods.

We may argue that knowledge of the interior gravity
field is of secondary importance to an understanding of
Earth’s internal structure inasmuch as this knowledge is
derived from an Earth model that is already determined
from other data. Only when gravity can be measured
within the Earth (e.g., in boreholes) does the interior grav-
itational field offer a contributory importance to our
modeling of the Earth’s interior. At present the deepest
borehole in the world, at just over 12,260 m, is located
in Russia on the Kola Peninsula on the Barents Sea north-
east of Finland. Most holes are drilled for geological
exploration and reach depths of several hundred meters.

Nevertheless it is of interest to compute gravitational
attraction along a radius of the Earth, as modeled by
a radially layered composite of mass density. From Equa-
tion 8 it is easily shown that the gravitational potential
inside a radially symmetric body (having radius, R) has
the form

V ðrÞ ¼ 4pG
r

Zr

0

r r0ð Þr02dr0

þ 4pG
ZR

r

r r0ð Þr0dr0; 0 � r � R:

(72)
Thus, the gravitational acceleration is given by

gðrÞ ¼ � d
dr

V ðrÞ ¼ 4pG
r2

Zr

0

r r0ð Þr02dr0: (73)

For the Preliminary Reference Earth Model (PREM) of
1981 (Dziewonski and Anderson, 1981; Dziewonski,
1989), which consists of approximately 80 layers, the
radial variation of gravitation is shown in Figure 3
together with the change in density.

On a more local scale, we may use the attraction of an
infinite horizontal plate of constant density, r0, as a model
to approximate the value of gravity in the crust (or ocean)
near the Earth’s surface. The attraction of such a plate of
thickness, d, anywhere above or below the plate is

B ¼ 2pGr0d; (74)

which is also known as the Bouguer plate effect. Suppose
that gP is the value of gravity at a surface point, P, on the
Earth. Assuming that the topography is relatively flat in
its vicinity, remove a plate of material with density, r0,
and thickness, d, and the gravity value at P will diminish
by B. Now bring the gravity value to the level d through
free space using a normal gradient approximation, which
changes its value by F � � @g @h=ð Þd (also known as the
free-air reduction). Finally restore the material plate,
which again decreases the value of gravity, now at depth,
d, by B.

The resulting gravity as a function of depth thus
becomes

gðdÞ � gp � @g
@h

þ 4pGr0


 �
d: (75)

Using nominal values for the normal gradient, @g @h= �
�0:3086 mGal=m (where 1 mGal ¼ 10�5 m=s2), and
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the ocean water or crust density, rw ¼ 1;027 kg=m3 or
r0 ¼ 2;670 kg=m3, respectively, this becomes

gðdÞ � gp þ 0:2225 d ½mGal	;
d in units of meter below sea surface;

(76)
gðdÞ � gp þ 0:0848 d ½mGal	;
d in units of meter below land surface:

(77)

This is also known as the Poincaré–Prey reduction and
may be used to model gravity in boreholes and in the
oceans, given gravity at the surface. The model of gravity
within the Earth’s upper crust (or ocean) can be improved
with more careful modeling of the effects of variable
topography and variable density (especially in the
oceans).

Summary
The Earth’s gravitational field, defined as the field gener-
ated by the subsurface mass density, embodies a wealth of
geophysical information at global and local scales. The
global field is often described in terms of a spherical har-
monic expansion, where the low-degree harmonics have
a definite (though incomplete) interpretation with respect
to the moments of the density distribution. The attenuation
of the potential in the spherical harmonic (spatial fre-
quency) domain is sufficiently gradual that first- and sec-
ond-order radial derivatives readily characterize the
local, near surface structure of the Earth. Whereas the
external gravitational field of the Earth can be modeled
in detail on the basis of surface measurements and
potential theory, the deeper internal gravitational field
model is derived secondarily from density distribution
models obtained from other sources, such as seismologi-
cal data.
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Definition and introduction
Observing the Earth from space over the past 50 years has
resulted in spectacular advances in various areas of the
geosciences. This is the case, in particular, for measuring
the precise shape of the Earth and its broad scale internal
structure from detailed measurements of the planet’s grav-
ity field. Since the early 1970s, tracking the orbits of tens
of satellites at different altitudes and orbit inclinations has
gradually improved knowledge of Earth’s average (static)
gravity field (see section on Gravity Method, Satellite).
Besides the precise description of the static component,
attempts have been made to detect temporal variations of
the gravity field. For example, a secular decrease of
Earth’s flattening (the degree 2, order 0 term) was discov-
ered by precise analysis of the Lageos laser satellites
(Yoder et al., 1983; Cox and Chao, 2002), and attributed
to postglacial rebound (PGR) (the viscoelastic response
of the crust and mantle to melting of the large ice sheets
that covered part of the northern hemisphere during the
last ice age). Seasonal variations of the low degree terms
of the Earth’s gravity field expansion (up to � degree 6)
have been detected from analysis of satellite orbital pertur-
bations (Cheng and Tapley, 2004; Chen et al., 1999).
These variations were attributed to seasonal transfer of
air mass inside the atmosphere as well as to annual fluctu-
ations of snow and land water storage (e.g., Chen et al.,
1999; Cazenave et al., 1999). However until recently, tem-
poral changes of only the longest-wavelength (lowest
degree) harmonic coefficients had been monitored from
orbital perturbations. This limited effective spatial resolu-
tion to several thousand kilometers, because large uncer-
tainty in higher degree coefficients prevented detection
of any time-varying signal.

In 2002, the US–German GRACE (Gravity Recovery
and Climate Experiment) mission has been providing
a precise survey of Earth’s time-variable gravity field,
with unprecedented temporal and spatial sampling
(Tapley et al., 2004; Wahr et al., 2004). GRACE time-
variable gravity fields provide a means of measuring tem-
poral and spatial variations of mass redistribution within
the Earth system on time scales varying from season to
multiyears. The GRACE mission has launched a new era
in studying a series of geophysical problems ranging from
deep Earth structure to tracking mass redistribution on and
near the surface of the Earth. GRACE has greatly
improved understanding of mass redistribution in various
compartments of the climate system (atmosphere, oceans,
terrestrial water, stores and cryosphere). GRACE has fun-
damentally enriched a number of fields, including (but not
limited to) the global water cycle and land hydrology,
mass balance of polar ice sheets and mountain glaciers,
ocean mass and global sea-level change, and solid Earth
geophysics.

The GRACE mission
Launched in March 2002, GRACE utilizes a state-of-the-
art technique to observe variation of Earth’s gravity by
tracking the inter-satellite range and the range rate
between two coplanar, low altitude satellites via a K-band
ranging system. In addition, each satellite is equipped with
a SuperSTAR Accelerometer, GPS receiver/antenna, Star
Cameras, and Laser Retro Reflector to complement the
science instruments. The GRACE Science Data System
uses the range and range rate data, along with ancillary
data, to estimate a new gravity field every month, in the
form of corrections to a well-defined background gravity
model used in the data processing procedure (Bettadpur,
2007). The monthly sampling rate has been selected in
order to accumulate sufficient observations to ensure
spatial resolution of about 400 km. Generally there is
a trade-off in selecting the temporal sampling interval.
Accumulating data over longer time intervals increases
spatial resolution, but decreases temporal resolution and
vice versa.

Modeling temporal geoid variations
The static component of the gravity field G0 corresponds
to nearly 99% of the total field, mainly due to solid Earth
contributions. This term can be easily evaluated and
removed by computing the temporal mean of a long
enough series of GRACE monthly geoids, or alternatively
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considering a single geoid computed with a long period of
time of satellite observations. In this study, the monthly
time-variable geoid dG(t) is merely computed as the dif-
ference between the monthly geoid G(t) measured by
GRACE at time t, and the static mean field component:

dGðtÞ ¼ GðtÞ � G0: (1)

Thus, the corresponding geoid differences (also called

monthly GRACE geoids in the following) only reflect
short-term geoid change associated with mass redistribu-
tions inside the Earth system.

Let dCnm(t) and dSnm(t) be the time-variable “normal-
ized” Stokes coefficients of the spherical harmonic expan-
sion of geoid height, where n and m are the degree and
order, respectively. Thus, the time-variable geoid is classi-
cally expressed as (Heiskanen and Moritz, 1967):

dGðtÞ ¼
XN
n¼1

Xn
m¼0

ðdCnmðtÞ cosðmlÞ

þ dSnmðtÞ sinðmlÞÞPnmðcos yÞ;
(2)

where N is the maximum degree of the harmonic decom-
position, y is the colatitude, l is the longitude, and Pnm
is the associated Legendre polynomial that is
dimensionless.

GRACE geoids are generally further expressed in sur-
face mass change (usually in equivalent water height)
assuming that mass redistribution occurs in thin surface
layers compared to the Earth’s dimension (Swenson and
Wahr, 2002), so that:

dCnmðtÞ
dSnmðtÞ

 !
¼ ð1þ znÞRe2

ð2nþ 1ÞM
Z Z

S
dqðy; l; tÞ

cos

sin

 !
ðmlÞPnmðcos yÞdS;

(3)

where dq(y, l, t) is a surface density of water/ice/air mass,
expressed in terms of equivalent water thickness at time t,
whose harmonic coefficients, dAnm(t) and dBnm(t), can be
evaluated from the corresponding geoid anomaly coeffi-
cients through the linear filtering:

dCnmðtÞ
dSnmðtÞ

 !
¼ Wn

dAnmðtÞ
dBnmðtÞ

 !
: (4)

W is an isotropic spatial filter that weights the surface
n
density coefficients, and whose analytical expression is
(Swenson and Wahr, 2002; Ramillien et al., 2005):

Wn ¼ 2pGRerW
ð2nþ 1ÞgðyÞ ð1þ znÞ: (5)

In Equations 3 and 5 above, z represents the Love
n
numbers that takes into account instantaneous elastic
compensation of the Earth’ surface to the load; g(y) is
the normal gravity on the reference ellipsoid at the colati-
tude y. G (�6,67.10�11 m3kg�1s�2) is the gravitational
constant, M is the total mass of the Earth
(�5,97602.1024 kg), and Re (�6,378 km) is mean Earth’s
radius. rW (�1,000 kgm�3) is the water density.

Equations 4 and 5 are used to compute surface density
variations dq(y, l, t) (or mass redistribution due to air,
water, and ice mass change in surface fluid envelopes)
from the monthly geoid harmonic coefficients.
GRACE data errors
Assessing the errors of GRACE monthly solutions is
a major challenge. Two categories of errors are recog-
nized: (1) errors introduced by data processing (errors of
GRACE measurements and models used to remove other
geophysical signals) and (2) post-processing errors (e.g.,
spatial smoothing of the GRACE solutions to remove
high-frequency noise and leakage errors due to signal con-
tamination from regions outside the studied area). Among
errors in category (1) correlated errors due to un-modeled
effects and contamination of other geophysical signals
during data processing are highly problematic. Because
of the limited spatiotemporal sampling provided by the
GRACE satellites, these errors are aliased into the esti-
mated spherical harmonic coefficients, giving rise to
north–south stripes evident in GRACE geoid maps. To
reduce this organized spatial noise, different smoothing
methods have been proposed (category 2 errors), which
significantly affects GRACE estimates of surface mass
change by reducing signal amplitude at the higher degrees
and orders suppressed by these filters. Another post-
processing error arises from the waveband-limited spheri-
cal harmonics considered in the solution (typically 50 or
60, corresponding to spatial resolution of 350–400 km).
The result is contamination from surrounding regions
(“leakage”). The GRACE orbital configuration (altitude
and inter-satellite distance) and the need for spatial filter-
ing are the main limitations to spatial resolution, estimated
to be on the order of 400 km. Current accuracy of monthly
GRACE solutions is estimated to�2 cm equivalent water
layer over areas exceeding 1 million km2 (e.g., Wahr et al.,
2006).

Figure 1 shows a map of global mass trends from
GRACE, over a full 6-year time span (January 2003
through December 2008), computed from best-fit linear
trends to time series at every location (based on GRACE
solutions computed by GRGS, Biancale et al., 2006).
Units are in equivalent water height per year. On land, this
map shows predominantly water mass gain or loss in
major river basins and ice mass loss over ice-covered
regions (e.g., the Greenland and west Antarctica ice
sheets, Alaska glaciers, etc.). The large positive mass
trends over Northern Canada and Fennoscandia are due
to postglacial rebound (the solid Earth response to last
deglaciation). The signature of the 2004 Sumatra-
Andaman Earthquake is also well visible.
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Applications of GRACE
In this section are presented a few examples of present-day
mass variations detected by GRACE over continental
river basins, Greenland and Antarctica ice sheets, and
the oceans. The capability of GRACE in measuring solid
Earth mass changes (e.g., postglacial rebound and co/
post-seismic deformations due to large earthquakes) is
also briefly discussed.
Hydrology
The global water cycle that exchanges water among
oceans, atmosphere, and land plays a key role in the phys-
ical and chemical processes that influence Earth’s climate
and its change over time. On land, terrestrial water storage
(TWS) change, as a major component of the global water
cycle, reflects changes in water stored in soil, snow over
land, and ground-water reservoirs, and is closely
connected to accumulated precipitation (P), evapotranspi-
ration (ET ), and surface and subsurface runoff (R) within
a given area or basin, through the water balance equation
relating a change in TWS in unit time Δt:

DðTWSÞ
Dt

¼ P � ET � R: (6)
For many areas (not covered by snow), TWS is virtu-

ally a measure of total water content in surface stores,
soil layers, and ground-water reservoirs, and is also
a good indicator of abnormal climate conditions, such
as droughts and floods. Accurately quantified TWS
change provides a key measure of the continental water
cycle and available water resources in a given region
or river basin. However, estimating TWS change is dif-
ficult because limited ground water and soil moisture
observations are available, and often are simply nonexis-
tent (e.g., Rodell and Famiglietti, 1999) at basin or
smaller scales.

In recent years, GRACE data have been successfully
applied to the study of global and basin scale TWS
changes (e.g., Ramillien et al., 2008a). Early studies
focused on the seasonal cycle and showed good agreement
with global hydrological models. Now exceeding 7 years
in length, the GRACE time series provides some measure
of interannual variability in TWS. For example, several
studies have detected drought events in different regions
of the world (e.g., Amazonia in 2005, Chen et al., 2009a;
East Africa in 2005, Swenson and Wahr, 2009; Australia
in 2006, Leblanc et al., 2009). Anthropogenic effects on
the terrestrial water cycle, such as ground-water pumping,
are also detectable by GRACE (e.g., Rodell et al., 2009;
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Tiwari et al., 2009). Other studies have used GRACE
TWS in combination with additional information to esti-
mate changes in vertical or horizontal fluxes, for example,
P-ET, ET, or R, of the right-hand side of the water balance
equation (Equation 6).
Ice sheets mass change
The mass balance of ice sheets is of considerable interest in
the context of global warming and present-day sea-level
rise. GRACE satellite gravity measurements offer the
opportunity to study the mass balance of polar ice sheets
from a new perspective, using GRACE gravity change to
directly measure mass variation or redistribution. A series
of recent studies has created a clear picture of present-day
ice loss from the two largest ice sheets on Earth and demon-
strated the unique potential of satellite gravimetry for mon-
itoring large-scale ice mass change. Using extended
GRACE time series (6–7 years), studies indicate a clear
acceleration of ice loss from both ice sheets since about
2006. For example, estimates by Velicogna (2009) over
Greenland indicate an ice loss rate of 267–286 Gt/yr during
2006–2009, compared with a loss rate of 137–159 Gt/yr
during the period 2002–2005. Over Antarctica, Chen
et al. (2009b) find a mass loss of 220–246 Gt/yr during
the period 2006–2009, an alarming acceleration of the
already large loss rates of 104–144 Gt/yr estimated for
2002–2005. On average over 2002–2009, ice mass loss
reported by GRACE over the two ice sheets corresponds
to �1 mm/yr sea-level rise, that is, about 1/3 the observed
rate of rise (Cazenave and Llovel, 2010, Cazenave and
Chen, 2010).
Ocean mass change
Net water flux into and out of the ocean causes its mass to
change. Such changes cause gravitational variations
detectable by GRACE (e.g., Chambers et al., 2004). This
has allowed, for the first time, direct estimates of the
global ocean mass contribution to sea-level change. How-
ever, GRACE is also sensing postglacial rebound. On
average over the oceanic domain, this effect is large, and
of the same order of magnitude as the ocean mass change
due to current land ice melt itself. As postglacial rebound
models vary significantly from each other with respect to
this effect (e.g., Paulson et al., 2007; Peltier, 2009),
GRACE ocean mass rates combined with land ice melt
rates can place an independent constraint on the
postglacial rebound correction.

Satellite altimetry allows precise measurement of pre-
sent-day global mean sea-level change (e.g., Cazenave and
Llovel, 2010). When combined with the GRACE-based
ocean mass change contribution, the steric component
(i.e., effects of vertically integrated sea-water temperature
and salinity changes) to sea level can be deduced (e.g.,
Chambers, 2006; Lombard et al., 2007). The results appear
to be comparable to estimates based on in situ hydrographic
(temperature and salinity) data.
Postglacial rebound
Large-scale readjustment of Earth’s crust and mantle
(postglacial rebound) follows melting of ice loads.
Postglacial rebound induces secular changes in the gravity
field observable by GRACE. The large positive mass
trend centered over the Hudson Bay (Canada) in Figure 1
is one of the most prominent signatures of this process.
Comparison between GRACE and other measures of
postglacial rebound (e.g., surface gravity change, vertical
crustal motions, model estimates of ice-load extent, and
melting history) has confirmed that GRACE is detecting
Earth’s recovery following melting of the Laurentide ice
sheet at the end of the last ice age (e.g., Peltier, 2009;
Wu et al., 2010).

Co-seismic and post-seismic deformations due to
large earthquakes
Besides postglacial rebound (Peltier, 2009) and the refine-
ment of Earth’s static gravity field (Pavlis et al., 2008),
GRACE has contributed to the understanding of other
solid Earth processes. In particular, GRACE appears able
to detect the sea-floor deformation, afterslip, and visco-
elastic relaxation associated with large earthquakes. This
is the case with the Sumatra-Andaman earthquake (magni-
tude of 9.3) of December 26, 2004, the largest recorded
seismic event in about 40 years. GRACE successfully
detected the gravity change associated with the
corresponding co-seismic subduction and uplift, in agree-
ment with model predictions (e.g., Han et al., 2006; Panet
et al., 2007).

Summary
Since 2002, the US–German GRACE (Gravity Recovery
and Climate Experiment) mission has been providing
a precise survey of Earth’s time-variable gravity field,
with unprecedented temporal and spatial sampling.
GRACE time-variable gravity fields provide a means of
measuring temporal and spatial variations of mass redistri-
bution within the Earth system. The GRACE mission has
launched a new era in studying a series of geophysical
problems ranging from deep Earth structure to tracking
mass redistribution on and near the surface of the Earth.
GRACE has greatly improved understanding of mass
redistribution in various compartments of the climate
system (atmosphere, oceans, terrestrial water, and
cryosphere) (Ramillien et al., 2008b; Cazenave and Chen,
2010). GRACE has fundamentally enriched a number of
fields, including (but not limited to) the global water cycle
and land hydrology, mass balance of polar ice sheets and
mountain glaciers, ocean mass and global sea-level
change, and solid Earth geophysics.While such novel data
offer new possibilities for studying regional to global scale
mass redistributions occurring inside and at the surface of
the Earth, they complement measurements performed by
in situ gravity meters (absolute and relative, including
super conducting gravity meters) for detecting a variety
of local phenomena such as volcano deformations,
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seismic activity, land subsidence, water table movement
and water storage change, etc. (see examples in Budetta
and Carbone, 1998; Mrlina et al., 2003; Zerbini et al.,
2007; Richter et al., 2004; Anderson et al., 2005).
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Synonyms
Earth’s dynamic gravity field; Temporal variations of the
Earth’s gravity

Definition
Temporal gravity changes. Variation of Earth’s gravity
field with time due to various tidal, oceanic, atmospheric,
hydrological, glaciological, and tectonic processes.
Tidal gravity changes. The periodic variation of gravity
field due to the attraction of Sun and Moon.
Non-tidal gravity changes. Gravity changes unrelated to
the attraction of Sun and Moon.

Introduction
The gravity field of the Earth is an attraction force exerted
by the Earth on any unit mass normal to the equipotential
surface. It is a function of mass distribution and its spatial
location, inside, on, and above the Earth’s surface, follow-
ing the Newton’s law of gravitation. Continuous changes
in the Earth system and its fluid envelops related to the
solid and ocean tides, oceanic circulation, atmospheric
changes, hydrological changes, Earth’s polar motion,
Earth’s inner and fluid core motions, redistribute the mass
and produce variations in the Earth’s gravitational field on
a large range of spatial and temporal scales (Figure 1). The
variation in the gravity field on timescales of thousands to
millions of years caused by redistribution of mass due to
the processes that shape the Earth’s surface is termed
“static gravity field” as this change does not occur over
human timescale.

Temporal variation of Earth’s gravity field is deter-
mined by measurements of the gravitational field at the
same location with time. Surface measurements of time-
varying gravity field started in the nineteenth century
using spring type relative gravity meters and were mainly
employed to study tidal related gravity changes. Gravity
changes can now be precisely recorded by terrestrial mea-
surements using absolute gravity meters (AG),
superconducting gravity meter (SG), relative gravity
meter, or a combination of them. AG is the most precise
instrument available that can measure the absolute gravity
field with an accuracy of 1–3 mGal (1 mGal = 10�8 m s�2 =
10 nm s�2; Niebauer et al., 1995). SG can measure
changes in the Earth’s gravity field with 0.1 mGal accuracy
(Hinderer et al., 2007). A strong effort to monitor the time-
varying gravity field globally has been made recently with
the launch of the CHAMP and GRACE satellites (Wahr,
2007). Precise measurements of the changes in the Earth’s
gravity field either by satellite (NRC, 1997; Wahr, 2007)
or from surface measurements (Hinderer and Crossley,
2000) thus offer the possibilities to constrain the underlying
causes of dynamic changes of mass distribution in the Earth
system processes. Both measuring methods have some
advantages and drawbacks. For example, localized gravity
changes (i.e., effect due to injection of water in oil field) can-
not be detected in satellite measurements and similarly grav-
ity changes occurring over a large region, particularly over
remote areas cannot bemapped using surfacemeasurements.
An attempt is made to intercompare the satellite-derived
gravity fields with surface gravity measurements observed
with superconducting gravimeters (SG) in the Global
Geodynamics Project (GGP; http://www.eas.slu.edu/GGP/
ggphome.html) despite the fact that the ground and space
gravity measurements are not sensitive to the same effects.
Radial displacement is important for ground observations
but has no effect on satellites and ground gravity measure-
ment is a point measurement while satellite measurements
are integrated response over a large region (typically a few
hundreds of km; Wahr, 2007). Nevertheless, first results of
intercomparison of gravity changes observed by the Euro-
pean SG network and GRACE satellite data reported a fair
agreement in the time-varying gravity field originated due
to hydrological changes (Crossley and Hinderer, 2005;
Hinderer et al., 2006).



0.01 mGal

100 101 102 103 104 105

Log Period (s)

Seismic induced
free oscillation

Slow and silent earthquakes

Atmospheric changes

Tidal
semi-diurnal, diurnal

1 year1 month1 Day1 h1 s

Hydrology and subsurface fluid motion
(ground water, snow, soil moisture, runoff)

O
ce

an
 N

oi
se

, c
o-

se
is

m
ic

 d
ef

or
m

at
io

n
an

d 
vo

lc
an

ic
 d

ef
or

m
at

io
n

S
ec

ul
ar

 c
ha

ng
es

P
ol

ar
(P

re
-p

os
t s

ei
sm

ic
,

gl
ac

ia
l I

so
st

at
ic

 a
dj

us
tm

en
ts

,
an

th
ro

po
ge

ni
c,

te
ct

on
ic

 e
tc

.)

106 107 108 10

0.1 mGal

1 mGal

10 mGal

100 mGal

Gravity Field, Time Variations from Surface Measurements, Figure 1 Schematic diagram showing temporal gravity changes that
can be studied from the surface gravity measurements (1 mGal = 10�8 m s�2 = 10 nm s�2).

490 GRAVITY FIELD, TIME VARIATIONS FROM SURFACE MEASUREMENTS
Concepts and applications
Primarily there are two categories of time-varying gravity
signals; one that varies periodically and another one that is
non-periodic. Periodic gravity changes such as tides can
be separated from the observations based on their period-
icity but non-periodic changes that arise from combina-
tions of different contributing sources are difficult to
recognize. However, they are identified using other com-
plementary information. There are about 30 SGs in the
world, which are continuously measuring gravity changes
and form an international network called GGP (GGP Pro-
ject; Crossley et al., 1999). GGP stations are sparsely dis-
tributed worldwide with a very few stations in the
southern hemisphere. These data are shared within net-
work for various applications and are also used for com-
parison with satellite-derived gravity changes that allows
upscaling of terrestrial data and downscaling of satellite
data (Hinderer et al., 2007) for broader understanding of
causes of gravity changes. AG measurements are also
made at these locations for calibrations of SGs and for
cross validation of secular changes. Both instruments
(AG and SG) are essentially laboratory instruments; how-
ever, AG can be transported but SG is unsuitable for
relocation. A combination of different surface gravity
measurements is used to estimate spatiotemporal changes
in Earth’s gravity field. Details of surface gravity measure-
ments, their accuracy, and potential application, as
suggested by Crossley and Hinderer (2005) with minor
modifications, is summarized and presented in Table 1.

The following sections present a brief description of the
main sources of gravity changes that are recorded by sur-
face gravity measurements and used to study the sources
responsible for these changes. An example of different
contributions (solid tides, polar motion and length of the
day, atmospheric loading, tidal and non-tidal ocean load-
ing, soil moisture and snow loading) to the time-varying
gravity in Strasbourg is presented in Figure 2. The ampli-
tude of the solid tides and the ocean tidal loading would be
ten times larger compared to plotted amplitudes in the
Figure 2, where only long-period tides are considered.

Tides
Tidal gravity changes are caused by the attraction of other
planetary bodies like the Sun and Moon. The attraction of
these planetary bodies deforms the Earth’s solid and fluid
surface and produces changes in the gravity field. These
changes are periodic, mainly semi-diurnal and diurnal,
but also with long-period components (fortnightly,
monthly, half-yearly, and yearly as shown in Figure 2).
The semi-diurnal and diurnal tides can be very large



Gravity Field, Time Variations from Surface Measurements, Table 1 Types of surface gravity measurements and their potential
applications in studying time variable gravity field

Absolute gravity meter
(AG: FG 5)

Superconducting gravity meter
(SG: GWR type)

Relative gravity meters
(CG: Scintrex, CG3M, CG5M)

Precision �1 mGal 0.001 mGal 1 mGal
Accuracy 1–3 mGal 0.1 mGal 10 mGal
Drift 0 0.01–0.05 mGal/day (variable) 3–10 mGal/day (variable)
Setup time and Operation AG is a transportable

instrument that operates
in a controlled
temperature
environment. It can be set
up in 1–3 h. 1–3 days
measurements are
desirable to get best
results

Setup of SG requires a few days
and some weeks to stabilize. It
is housed at one place and
needs calibration and drift
monitoring by AG for better
accuracy

CG is a field instrument that
can be set up in a few
minutes. A network of
stations is used for
measurement loops.
Requires repeated
measurements at a reference
station every few hours

Dominant noise Microseismic and man-
made noise

Environmental effects Environmental effects,
microseismic noise, vehicle
shaking, drift

Possible applications Tidal, hydrological
changes, pre-co-post
seismic changes, glacial
isostatic adjustment,
tectonics, oil, gas, and
geothermal reservoir
monitoring, volcanic
mass changes

Tidal, polar motion, hydrological
changes, atmospheric and
ocean loading’s core processes,
pre-co-post seismic changes,
free oscillation of the glacial
isostatic adjustments, volcanic
mass changes

Tidal, hydrological changes,
co-seismic changes for large
quakes, volcanic mass
changes

GRAVITY FIELD, TIME VARIATIONS FROM SURFACE MEASUREMENTS 491
(with peak to peak value of � � 150 mGal) according to
the station location and usually are the largest contribution
in any surface gravity measurements. They can be com-
puted accurately and therefore can be removed from
observed gravity changes to study non-tidal gravity
changes (Wenzel, 1996). The precise tidal gravity changes
are measured with SGs, AGs, and other surface gravime-
ters (Hinderer et al., 2007) on land and are recorded in sat-
ellite altimetry data over the oceanic region (Wahr, 2007).
Tidal gravity changes are the elastic response of the Earth
to the tidal forces and hence, modelling of tidal gravity
changes provide information on the internal structure
and properties of the Earth as its elastic transfer function
varies according to the internal distribution of density,
compressibility, and rigidity parameters. Tidal observa-
tions also provide independent evidence of general relativ-
ity theory of planetary movements (Warburton and
Goodkind, 1977).
Sea level variation
Non-steric redistribution of ocean mass causes non-
negligible changes in the Earth’s gravity field. These are
commonly recorded in satellite altimetry data. Movement
of ocean waters also affects gravity changes inland; this
may be quantified using results from satellite altimetry
data (Fukuda and Sato, 1997). It is reported that gravity
changes caused by sea level change deducted from satel-
lite altimetry data are of the order of few mGal near coastal
regions that can be observed in SG data.
Atmospheric pressure
Atmospheric pressure changes alter surface gravity values
because of the redistribution of mass in the atmosphere
(attraction force) and the surface loading (elastic deforma-
tion) due to the change in the surface mass (Kroner and
Jentzsch, 1999; Boy et al., 2002). The induced gravity
changes are in the order of � 5 mGal (Figure 2) and can
reach up to 10–15 mGal for large pressure fronts (30–50
hPa). They are often estimated using a simple atmospheric
admittance function between gravity and atmospheric
pressure – that is 0.3 mGal/hPa (Crossley et al., 1995).
These effects are generally considered as noise in gravity
data and corrected using local barometric pressure data.

Polar motion
The direction of the Earth’s axis of rotation is not steady
in space but rather varies with time with two dominant
periods (1 year and 435 days); this motion is generally
known as polar motion or oscillation of the rotation pole.
The 435-day component is referred to as Chandler wobble
by astronomers. This signal can be detected by various tech-
niques (spectral analysis, least squares adjustment) in surface
gravity using continuous and stable SG observations (Hin-
derer et al., 2007). The related signals are of several mGal
and change according to the station coordinates (Figure 2).

Free oscillation of the Earth
Large quakes are known to excite the free oscillations of
the Earth (Hinderer et al., 2007; Arora et al., 2008), which
lead to surface gravity changes in the seismic frequency
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band. These changes accompanying the eigenmodes occur
at periods between a few hundreds of seconds and 54 min,
which is the period of the free elastic oscillation of the
Earth, and can be well investigated using SG records
(Rosat et al., 2004). Besides, free oscillations unrelated
to quakes but rather due to atmosphere–ocean–solid Earth
interactions (termed “hum”) were first reported from
the SG measurements at Syowa, Antarctica (Nawa et al.,
1998).
Glacial isostatic adjustment
On long timescales the Earth behaves like a viscoelastic
material and deforms when submitted to a load. Major
changes in climatic conditions of the Earth, from its birth
to the present, caused large scale changes in strengthening
and weakening of the ice sheets of the cold regions of the
Earth’s surface. The response of the Earth to the glaciations
and deglaciations is known as Glacial Isostatic Adjustment
(GIA). Land based gravity measurements have provided
useful constraints to GIA, for instance, in the North
American region (Lambert et al., 2001), Greenland (van
Dam et al., 2000), or in Svalbard (Sato et al., 2006). One
of the important properties of deep Earth that GIA can pro-
vide is information about the viscosity of the Earthmaterials.
Volcanic mass changes
The growth of the volcanic dome and fluxes of volcanic
masses cause local gravity changes. Volcanic mass redis-
tributions produce gravity change in the order of tens to
hundreds of mGal and can be observed using any kind of
surface measurements. Surface gravity measurements
along with other geodetic measurements like GPS are pro-
spective tools for the estimate of mass changes during the
volcanic processes (Jousset et al., 2000).
Crustal deformation associated with quakes
Sudden displacements of faults during a quake cause redistri-
bution of mass as well as change in the elevation, both lead-
ing to local gravity changes. An example of gravity changes
before and after Haicheng quake, 1975, and the Tangshan
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quake, 1976 is reported by Chen et al. (1979). Later on there
have been several studies that document co-seismic gravity
changes in surface measurements with SGs (Imanishi et al.,
2004) and also in GRACE satellite observations (Han
et al., 2006; Tiwari et al., 2008). Gravity records of silent
and slow quakes, for example, from Cascadian subduction
zone showing the concordance of gravity changes of about
10 mGal with episodic slip and seismic tremor activity (sev-
eral times a year) is one of the interesting observations in
temporal gravity changes (Hinderer et al., 2007).

Hydrology
Variations in land water storage (surface water, ground
water, soil moisture, and snow) induce variations in the
gravity field recorded on the surface (Crossley and
Hinderer, 2005). The contributions of soil moisture and
snow at Strasbourg, France are plotted in Figure 2. The
amplitude of gravity changes associated with seasonal
hydrological changes are larger than secular changes
(Tiwari et al., 2006, Hinderer et al., 2007) and sometimes
spread over a large area that can be mapped through satel-
lite measurements (Tiwari et al., 2009) because large scale
variations are difficult to be evaluated using ground-based
observations due to the difficulty of adequate sampling.
Hydrological fluxes at different time and spatial scales
can now be mapped by monitoring temporal gravity
changes, which holds promise to provide closing water
cycle on local and regional scale (Cazenave et al., 2011,
this book). Recent studies using the European regional
network of SGs demonstrated that surface measurements
of the seasonal component of continental hydrology can
help in validating the satellite missions (Hinderer et al.,
2007) and also suggest the complementary nature of satel-
lite and ground-based observations.

Oil and gas reservoir monitoring
Time lapse gravity measurements are regularly used for
monitoring subsurface density changes due to the fluid
motions of the injected water and gas in the reservoir for
enhancing recovery as well as for sequestration of CO2
gases (Hare et al., 1999; Alnes et al., 2008). The amplitude
of gravity changes is quite appreciable in the region where
injections are large and reservoir depth is small. Such
changes in gravity field occur over injection time period
and are generally in the order of few tens of mGal to hun-
dreds of mGal depending on the volume of injection and
depth of injection. An estimate of other sources of the
gravity changes (e.g., water table, atmospheric changes)
in the area of measurements is required to model injected
mass precisely.

Summary
Measurements and modelling of time-varying gravity
changes allow understanding of various phenomena, as
discussed in the earlier sections. Isolating the individual
contributions from the aggregate effect in the temporal
series of gravity changes has been a major challenge over
a long time. Nevertheless, as number of observations and
complementary information of temporal gravity changes
are increasing, different components of time series of
gravity changes can be better separated. Above mentioned
examples and discussion suggest that repeat or continuous
surface gravity measurements can be utilized for a wide
variety of geophysical processes that deform the Earth’s
surface and move mass inside, on and above the
Earth’s surface causing the gravity field to vary with time.
Surface measurements are also vital as they could provide
a test, or validation, for satellite-derived temporal gravity
changes (Crossley and Hinderer, 2005).
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Synonyms
Absolute acceleration due to gravity; Absolute g

Definition
Gravity. The mutually attractive force between any two
masses.
Acceleration due to gravity, g. The value of the accelera-
tion of a mass due to the force of gravity observed in
a reference frame rotating with Earth.
Absolute. Measured with calibrated instruments traceable
to metrologic standards. For the case of gravity, this
requires length and time standards.
Absolute gravity meter or absolute gravimeter. An instru-
ment used to measure gravity absolutely, traceable to time
and length standards.

Introduction
The value of the acceleration due to gravity on Earth’s sur-
face, g, depends on position and time. A worldwide vari-
ability of roughly 0.5% from 9.8 m/s2 is caused by
Earth’s rotation, variations in density, and variations in
geometry caused both by tidal fluctuations and tectonic
deformation. Studying how g varies can reveal important
facts about Earth as a whole and about a long list of local
phenomena ranging from volcanic activity to evolution of
oil and gas reservoirs.

Often scientists are interested only in changes in gravity
with either position (gravity maps) or with time (time-
lapse gravity). Many of these studies can be completed
with simple, relative gravity meters, which commonly
consist of an electromechanical spring-mass sensor
(Torge, 1990). Relative gravity measurements (i.e., the
difference in g between two sites) are more common
because the interesting variations in g are small and its
absolute value is not important for most geophysical appli-
cations. Almost all relative gravity meters undergo drift,
however, making it difficult to separate real temporal
gravity changes from drift in the sensor. Drift can be calcu-
lated and accounted for in cases where it is feasible to
make redundant observations at multiple sites and assume
that gravity values at reference sites are constant. In
a number of important cases, however, such drift compen-
sating efforts are inadequate and absolute measurements
are needed – they are inherently free from drift because
of their reliance on length and time standards.

A note on units: Practitioners in the field of gravity
measurement use the unit Gal (after Galileo), which is
defined as 1 cm/s2. The nominal value of g is around
980 Gal. More common usage is the mGal (= 10�3 Gal)
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and the mGal (= 10�6 Gal or about 10�9g). A precision of
a few mGal is available from the best relative gravity
meters (following a significant drift compensation effort
within the measurement process) and 1 or 2 mGal with
the best absolute gravity meters. Absolute determinations
are characterized by both precision (the smallest observ-
able signal or change) and accuracy (level of uncertainty
or the discrepancy between the measured value and the
unknown true value).

History
Late in the seventeenth century, it was discovered that
a pendulum would swing with a slightly different period
if it were moved to a different latitude. This effect, caused
by gravity’s dependence on latitude (primarily because of
Earth rotation), was used to make some of the earliest esti-
mates of the deviation of Earth’s figure from a sphere
(Lenzen and Multhauf, 1965). Two kinds of pendulum
gravity meters, the reversible pendulum and the invariable
pendulum, provide a good example of the difference
between absolute and relative sensors. A reversible pendu-
lum, used extensively by Henry Kater in the nineteenth
century, exploits the curious fact that two pivot points on
an asymmetric pendulum, which are found to yield equal
oscillation periods are separated by the length of
a simple pendulum (a point mass suspended from
a massless rod) having that same period. This allows an
absolute calculation of gravity based on the measurement
of the period and the distance between the two oscillation
points, which have a common period, and is therefore an
absolute measurement. Invariable pendulums, on the other
hand, were simply swung around a single point and
changes in gravity were observed as changes in the period.
Pendulum measurements were made extensively by geod-
esists to refine the figure of the Earth and for mineral
exploration up until the early twentieth century when elec-
tronic methods became adequately advanced to measure
accurately the time needed for a mass in a vacuum cham-
ber to fall a known distance. Cook (1965) and Faller
(1963) pioneered some of the early free-fall measurement
techniques. Toward the end of the twentieth century, the
advent of the laser allowed for great improvements in
absolute gravity measurement (Hammond and Faller,
1967; Alasia et al., 1983; Zumberge et al., 1982; and
Niebauer et al., 1995). Now, in the beginning of the
twenty-first century, atomic methods are becoming viable.
The most commonly used method today is to determine
the acceleration of a mass freely falling in a vacuum by
means of laser interferometry.

Principles of modern measurements
Macroscopic falling test mass
Figure 1 is a schematic diagram of the mainstay of modern
absolute gravity measurements. A mechanical system
inside a high vacuum chamber effects the release of
a test mass. A retro-reflecting prism mounted to the test
mass returns laser light entering and exiting the chamber
through a window in the bottom. A beam splitter (or
half-silvered mirror) combines this reflected light with
that similarly reflected from a fixed retro-reflector. The
two reflected beams interfere with one another, evermore
rapidly producing successive light and dark fringes as
the falling mass accelerates. Two cycles of light-to-dark
interference fringes are completed for each advance in
the fall of a distance equaling the laser’s wavelength.
A photodetector senses the passage of interference fringes
and generates an electrical signal from which the local
value of gravity (the rate at which the falling mass acceler-
ates) can be calculated through appropriate timing analy-
sis performed by a computer. Typically, the mass falls
a distance of 10–20 cm and a thousand or more drops over
a period of a day provide a statistical uncertainty of a few
mGal. Because the measurement is based on calibrated
length and time standards – the wavelength of the laser
light and the frequency of the timing oscillator – the mea-
surement is absolute.

Microscopic falling test masses
A new and promising method for the absolute determina-
tion of gravity makes use of cold atom interferometry
(Kasevich, 2002). Toward the end of the twentieth cen-
tury, physicists learned to use lasers to trap and manipulate
clouds of atoms. Atoms can now be confined in an evacu-
ated magneto-optical trap, cooled to very low
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temperatures with laser cooling, and then launched verti-
cally (again, with lasers) to create an “atomic fountain.”
Exploiting the fact that all matter can be described as
waves, atomic physicists have learned to interfere atomic
wave functions with one another and, in so doing, perform
a number of highly precise measurements using them. In
particular, because the phase of an atom’s wave function
depends on gravity, interfering atoms that have traversed
separate paths through a gravitational field can yield an
absolute measure of gravity. The first experiments
performed by Kasevitch and Chu (1992) and followed
by others (Peters et al., 2001; Lamporesi et al., 2008)
required a laboratory full of complex optical, vacuum,
and electronic equipment. Recently, however, the technol-
ogy has advanced to a state where portability may become
feasible (Merlet et al., 2010). Commercial versions of cold
atom interferometric absolute gravity meters are currently
under development (e.g., AOSense, Sunnyvale, California,
USA).

Instrumentation
The mechanical details of conventional free-fall appara-
tuses vary. In some, the test mass’s fall is initiated by
a small elevator inside the vacuum chamber, which also
surrounds the mass as it falls and acts as a shield against
minute non-gravitational forces. In others, the mechanical
system resides at the bottom of the vacuum chamber and
launches the test mass upward, providing a mass in free
flight, the acceleration of which can be measured during
both its rise and fall. Another important variation is the
use of a spring suspension system to isolate the reference
reflector from vibrations.

Currently, the most widely used absolute gravity meter
is the model FG5, manufactured by Micro-g LaCoste
(Lafayette, Colorado, USA) and shown in Figure 2. With
laser interferometry, it tracks the descent of a 300 g mass
during a 15-cm drop. The portable system weighs
320 kg, can be assembled in an hour or so, requires
500 watts of electrical power, and can produce an absolute
gravity value accurate to 2 mGal after an hour of data
collection. Significant care has been taken by its devel-
opers to ensure that systematic errors – those whose signs
do not vary and cannot be reduced by averaging – are less
than the quoted accuracy. Such errors include forces on the
falling mass other than gravity (e.g., residual air-drag and
magnetic or electrostatic forces) and imperfections in the
optical and timing systems. Periodically, many absolute
gravity meters make measurements simultaneously in
one of the world’s standards lab for an intercomparison
to test the assessments of the instruments’ accuracies
(Sasagawa et al., 1995).

Applications to geophysics
Near Earth’s surface, the rate of change of gravity with
altitude is about 3 mGal per cm. Therefore, a detection of
a gravity change of a few mGal yields information on
cm-level height changes. Observing gravity changes
together with height information obtained by other means
can provide important information for modeling the
causes of surface deformation. An increase in density of
0.1 g/cm3 occurring throughout a 25-cm thick layer below
the observer (such as might be caused by water saturation)
increases gravity by 1 mGal. These changes can occur very
slowly, which makes it desirable to use absolute measure-
ments to detect such changes. Examples of long time
series of absolute gravity used to study geophysical phe-
nomena include observations of post-glacial rebound
(Lambert et al., 2001), water flooding in a natural gas res-
ervoir (Hare et al., 1999), vertical land movement near
tide-gauges (Teferle et al., 2006), and observations of
coseismic offsets from an earthquake (Tanaka et al.,
2001).

A very important geophysical application of absolute
gravity measurement is the establishment of calibration
lines for relative gravity meters (Sasagawa et al., 1989).
Absolute g measurements are also necessary in certain
metrology applications, including piston-cylinder pres-
sure calibrations and in defining the standard kilogram.

Summary
Absolute gravity measurements are much less common
than those made with relative gravity meters. However,
because of their freedom from drift, made possible
through the use of modern atomic length and time stan-
dards, absolute gmeters are extremely important for mon-
itoring long-term changes associated with crustal
deformation and density change and for calibrating
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relative meters. New advances in atomic physics may
result in an absolute gravity meter, which is similar in size
to typical relative gravity meters, advancing the use of
absolute gravity measurements in geophysics.
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Synonyms
Aerogravity; Airborne gravimetry

Definition
Airborne. Anything carried by a fixed wing aircraft,
a helicopter, an airship, or an unmanned aircraft.
Aero. Anything related to the atmosphere above ground.
Gravity. In this context nonrelativistic mass attraction as
defined by Newton.
Gravimetry. In this context the measurement of the gravity
field variation by mass attraction.

Introduction
The law of gravity is one the most fundamental in natural
sciences. Instruments for gravity measurements have been
developed first for use on land surface, later for use on
ships. The instruments used for maritime surveying
needed a special platform to compensate the movements
of the vessel that add additional components to the main
value of the measurement: the acceleration of a well-
defined mass due the gravity field of the Earth. The same
accounts for airborne applications of gravity meters: The
aircraft’s variations in roll, pitch, and yaw angles and
height changes must be either compensated for or mea-
sured for later reductions and corrections. Therefore, most
instruments used in the early stages of airborne gravity
meter development were basically upgraded marine grav-
ity meters (LaCoste, 1967). Due to the problem of the fast
aircraft movements and therefore the even larger accelera-
tions implied, only after the practical implementation of
a global satellite-based positioning system (as GPS) non-
inertial navigation became precise enough to enable satis-
factory corrections and reductions (Bruton et al., 1999). At
present, three different categories of airborne gravity
instruments evolved: scalar gravity meters, vector gravity
meters, and gradient or full tensor meters. All instruments
are used to measure the regional variation of the Earth’s
gravity field over often inaccessible areas in a quick
fashion.

Principle idea of airborne gravity
In the still most common airborne gravity applications,
scalar gravity meters are used. Such meters usually
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measure only the relative vertical component of the
Earth’s gravity field using a mass coupled to a spring,
a principle that was adopted from gravity land-based sur-
veying (Figure 1). In airborne gravity, much larger accel-
erations than the desired signal are introduced by attitude
and height changes of the aircraft, carrying the gravity
meter. Beyond these inertial accelerations, vibrations
occur that are usually damped by suitable mechanical or
electromechanical means. The residual effect of the vibra-
tions in the aircraft’s cabin is usually dealt with as a noise
signal. Therefore, we focus on the gravitational and iner-
tial accelerations only. The instrument and the navigation
equipment are placed in a rigid aircraft that defines the
body frame.Within this body frame, we primarily measure
the accelerations in the axes of the aircraft: forward, down,
and sideward in a right-hand system. The gravity sensor is
fixed on a platform that compensates some of the aircrafts
forward and sideward accelerations that are coupled
to attitude variations but not the vertical acceleration com-
ponents. The main aim of the platform is to keep the grav-
ity sensor in horizontal level in order to keep the
measurement range and sensitivity of the gravity meter
high. Additional navigation equipment as global position-
ing system antennas and inertial measurement units mon-
itor the movements of the aircraft’s body frame in the
geodetic frame. Consequently, lever arms between the
navigation measurement units and the gravity sensor must
be corrected for in the body frame and the resulting accel-
erations and force must be transferred to the geodetic
reference frame for later gravity mapping.
G
Sta
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TA PA
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Geoid
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Gravity Method, Airborne, Figure 1 Principle of airborne gravity.
Attitude compensation platforms
Most platforms designed to carry a gravity sensor on
a moving vehicle are two axes gimbal constructions to
compensate coupled roll, pitch, and yaw variations
(LaCoste et al., 1967). The attitude information is com-
monly acquired by a gyro for short wavelengths and an
accelerometer for wavelengths up to some minutes for
each directional component. Some platforms compensate
heading variations as well. Such platforms are Schuler-
tuned. The platforms are designed to compensate attitude
changes almost instantaneously in the dynamic range of
the gravity sensor. Therefore, special filters are applied
that define the platform period, which is usually in the
order of some minutes.
Scalar gravity meters
Most meters in use for airborne gravity surveying are
based on a test mass coupled to a spring or on torsion bal-
ance. Some new developments utilize superconductive
gravity sensing systems. Such instruments measure the
relative changes of the main vertical component of the
Earth’s gravity field. Beyond the residual platform errors,
an independent non-inertial vertical acceleration determi-
nation is needed to reduce for the vertical accelerations
of the body frame. This is possible only since global satel-
lite-based positioning system navigation data is available.
Scalar systems generally have a very low drift rate and
therefore can be used for long wavelength gravity map-
ping as required for geodesy. The shortest detectable
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wavelengths are dependent on flight velocity, the dynamic
range of the gravity sensor, and the platform period. Gen-
erally, some few mGal (1 mGal = 10�5 m/s2) are achieved
in accuracy related to some few kilometers wavelength
resolution at an average speed of about 160 km/h above
ground.

Vector gravity meters
Vector gravity meters are in most cases adapted inertial
measurement units that measure the three vertical compo-
nents of the Earth’s gravity field in the body frame of the
aircraft (Jekeli, 2001). Analogue to most attitude-
compensating platform designs, the signal is gathered
from a combination of directional gyro and accelerometer
measurements. In this configuration, global satellite-based
positioning system navigation data must be applied for all
directional acceleration reductions. The drift rates of such
instruments are usually higher than those of scalar meters.
At present, only very few systems are available, that are
not only able to measure the significant vertical compo-
nent but also the horizontal components in sufficient accu-
racy and resolution. Most vector gravity meters are not
installed on an attitude-compensating platform but are
placed on dampers only. The resolution and accuracy for
the vertical component of available vector systems is bet-
ter than those of scalar spring tension or torsion balance
meters.

Gravity gradient meters
In order to enhance the short wavelengths resolution and
the measurement accuracy significantly, gravity gradient
meters were developed (Heiland, 1940). The main idea
is to eliminate the impact of the aircrafts attitudes and
accelerations in the measurements by measuring the direc-
tional gradients directly. To achieve this, diagonally
arranged pairs of highly accurate accelerometers are
placed on a slowly rotating disk, one for each direction.
Since the two accelerometers measure in opposite direc-
tions, the largest effects of the body frame accelerations
are ruled out by the acceleration difference between the
two accelerometers and mainly the directional gravity gra-
dient remains. Such gradients are not stable enough for
large-scale integration and therefore are only suitable for
short wavelength detections in local to small-scale
regional areas. This sensing system needs an exception-
ally accurate attitude compensation platform. If all direc-
tional gradient components are measured, this system is
called a full tensor gradient gravity meter. Available reso-
lutions are in the order of 0.5–1 Eotvoes (1 Eotvoes (E) =
0.1 mGal/km = 10�9 s�2).

Processing, reductions, and corrections
The original data set is the sum of all measured accelera-
tions in one or more components within the body frame
of the aircraft. In order to get the gravity variation on flight
level, the directional components of the body frame accel-
erations in a chosen geodetic frame have to be reduced for.
As a next step, an Eotvoes correction has to be applied to
compensate for the gravitational impact due to varying
centrifugal forces (Harlan, 1968). Next, a platform error
correction has to be applied, usually a Harrison correction
for scalar meters.

The gravity disturbance (gravity variation on ellipsoi-
dal level) is determined by the normal gravity reduction
and the free-air gravity reduction between observation
level and ellipsoid.

In order to achieve the gravity anomaly, the same is
done with reference to the geoid instead of the ellipsoid.

Applications and aircraft
Airborne gravity can either be used to determine the
regional geoid more precisely or for geophysical recon-
naissance and prospection. For geodetic purposes rather
high altitude straight and level fixed wing aircraft flights
utilizing scalar gravity meters are most common (Forsberg
et al., 1996). In geophysics, two aspects occur: large
to mid-scale reconnaissance surveys to get an overview
on tectonic or geological settings and small-scale
prospection in search for mineral deposits or similar tasks
(Veryaskin and McRae, 2008). For reconnaissance, fixed
wing aircraft with long-range capabilities are preferred.
In prospection, high-resolution vector or gradient gravity
meters are used on small fixed wing aircraft, helicopters,
or airships. First attempts to use unmanned airborne vehi-
cles (UAV) are under way. New instrumental develop-
ments try to utilize modern superconductive meters,
absolute gravity meters, or devices based on cold atom
interferometry.

Summary
Airborne gravity has become a practical and accurate
method to measure the variations of the Earth’s gravita-
tional field over regional areas. In geodesy, fixed wing air-
craft equipped with scalar gravity meters are preferred. In
geophysics, the same configuration is often used for
reconnaissance surveys. For aerogeophysical prospection,
low- and slow-flying aircraft are favored combined with
vector or gradient gravity meters.
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Introduction
Bygravimetry (Latin “gravis”)methods are identified, which
can be used to measure the gravity field of the Earth. The
determination of this potential field is of greater importance
for geodesy, geophysics, and geotechnics, Gravity Method,
Surface. In particular, in geophysics and geodynamics, grav-
ity is used to investigate the Earth’s interior and it́s dynamic
processes. Furthermore, precise balances and other technical
equipment need gravity data for their calibration.

The main objective of gravity/gravimetry is the deter-
mination of the Earth’s gravity field and of other celestial
bodies (e.g., the Earth’s moon). The gravity field and its
gravity gradients are measured as a function of position
and time on, below, and above the Earth’s surface (e.g.,
by gravity meters on ships, in boreholes, or on board air-
crafts and, nowadays, satellites: CHAMP, GRACE, and
GOCE Mission), Gravity Method, Satellite.

In the seventeenth and eighteenth centuries, scientific
interest and first measurements have been caused by the
understanding and development of the physics of deform-
able and rigid bodies. At that time, determinations of posi-
tion (distances) and time became accurate enough to
enable gravity measurements. Later, after scientists dis-
covered the position dependency of gravity, it has been
used to determine the figure of the Earth – then until today.
Developments of the gravity method were always corre-
lated with the interaction of technical possibilities and sci-
entific objectives in physics (geophysics) and land
surveying (later geodesy) because geodetic surveying
and geophysical exploration became a strong influence
on growing societies (e.g., Torge, 1989). Today the gravity
field and its variations – measured by satellites with very
high and unexpected accuracy – are closely related with
the distribution and transport of masses in the Earth’s sys-
tem: the ocean circulation, changes of ground water level
and solid Earth moisture, melting of continental ice sheets,
river run off, changes of sea level, and mass flows in the
Earth lithosphere and mantle, all of which cause transport
and redistribution of masses. Using innovative and
extremely precise gravity sensor systems dedicated to
observe the gravity field, the implication of these pro-
cesses can be established. Even in the investigation of
other celestial bodies’ gravity gains in importance: e.g.,
in the 1970s the “Lunar surface gravity meter” was
deployed at the Apollo 17 ALSEP site (Talwani, 2003).
The state of lunar and planetary gravity field investiga-
tions are described and discussed (e.g., by Janle and
Meissner, 1986; Konopliv et al., 2001).

In the following chapters, all values of parameters of
the Earth’s gravity field are related to the World Geodetic
System 1984 (WGS 84), Geodesy, Figure of the Earth.
Potential function
It is accepted that the force F of a mass point m, which
is influenced by a timely constant gravity acceleration g
can be expressed by

F ¼ mg

Tomove this mass along a path Cwith path elements dr

from a space point P1 to a second point P2, an energy U12
has to be applied:

U12 ¼ �
ZP2

P1

F � dr ¼ �m
ZP2

P1

g � dr (1)

There is no loss of energy and we call U independent
12
from its path and only dependent from start and end point
P1 respective to P2. Equation 1 shows that only the difference
of potential energy at points P1 and P2 can be calculated. The
force F can be derived from the potential energy as:

F ¼ �grad U ¼ �H � U (2)

F is a potential field. Equation 2 holds even if we add

a constant U0. This constant will be selected in a way that
potential energy disappears in the infinite. In this case,
U(P) defines the energy in the field of gravity acceleration
which has to be applied to m to move it from point P to the
infinite:

UðPÞ ¼ �
Z?

P

F � dr:

In geophysics and geodesy, the potential energy U is

replaced by the potential (potential function):

V ¼ �U=m: (3)

This is the negative potential energy per mass unit, and

with (Equation 2) one has:



m at P(x′y′z′)

R

eR

m0 at P0(x′y′z′)

Gravity Method, Principles, Figure 1 Masses m0 and m
experience a gravitational force which follows Newton’s law: it is
proportional tom0 andm and 1/r2. By convention the unit vector
eR is directed from the gravitational source point (P) to the
“observation” point P0 which is located at the mass m0.
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g ¼ HV:

Therefore, gravity field can be described in entire space by
a single function V. The potential function fulfills the
POISSON differential equation:

DV ¼ �4pfr (4)

with:
f = (6.67428� 0.00067) � 10�11 m3/kg s2 (gravitational

constant)
r = mass density.
The POISSON equation forms the base of potential the-

ory and is an elliptic differential equation. If space is mass
free (r = 0) the LAPLACE equation holds in Cartesian
coordinates:

DV ¼ @2V
@x2

þ @2V
@y2

þ @2V
@z2

¼ 0 (5)

It became the most universal differential equation in the

physical sciences because of the wide range of phenomena
that is described by the equation. There exists a multitude
of solutions of this differential equation which are not
always potential functions. For both differential equations
hold the following definition:

A space function and its second derivatives which are continu-
ous and bounded in a region where defined are called harmonic
functions if they fulfill the LAPLACE and – in the interior of
a mass filled space – the POISSON differential equation.

Newton’s law and Newtonian potential
In 1687 Sir Isaac Newton published his famous treatise
“Philosophiae Naturalis Principia Mathemetica” which
contains the Newton’s law of gravitational attraction:

The magnitude of a gravitational force between two masses is
proportional to each mass and inversely proportional to the
square of their distance.

In a Cartesian coordinate system, a mass m0 is centered
at point P0 (x0, y 0, z 0) and at point P (x, y, z) a massm. Then
a force, F(P), acts on mass m0 (Figure 1):

F Pð Þ ¼ �f
mm0

R2 eR (6)

with
R = P0 P (vector which points from P0 to P)
eR = R/R (unit vector) of R
R= [(x� x0)2 + (y� y 0)2 + (z� z 0)2 ] (norm of vectorR)
The gravity acceleration g which is caused by

mass m is:

gðPÞ ¼ FðPÞ
m0

¼ f
m

R2 eR (7)

and in Cartesian coordinates one can write:

gðPÞ ¼ fm=R3 x� �xð Þi þ y� �yð Þjþ z� �zð Þk½ 	 (8)
i, j, and k are the components of unit vector in the coordi-
nate system.

At the Earth’s surface, gravity acceleration is approxi-
mately g = 9.81 m/s2. The potential V is a scalar and an
additive quantity. Therefore, the gravity potential of
n point masses can be written as:

VðPÞ ¼ f
Xn
i¼1

mi

Ri
; with Ri ðspaces of the n points PÞ

At the point masses, V(P) is not defined due to R = 0.
i
However, except for these singular points the LAPLACE
equation holds.

For a mass continuum we obtain from Equation 6 the
Earth’s gravitation by Newton’s law of gravitation:

bðrÞ ¼ f
ZZZ

Earth

r0 � r

r0 � rj j3 dm

where r0 and r0 are the geocentric position vectors of a
mass element dm and the attracted point P (unit mass = 1)
and │r0� r│ = R. The mass element dm can be expressed
by the volume density r = r(r0) and the volume element
dm = r dv.

b ¼ grad V

For the Earth’s gravitational potential with v = volume

of the Earth we have:

VðrÞ ¼ f
ZZZ

Earth

r r0ð Þ
r0 � rj j dv (9)

Besides the attraction of the Earth at points P generally

all cosmologic masses contribute to this attraction.
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However, in most cases only the influence of sun and
moon is considered. The entire gravity attraction can be
obtained by:

H � V Pð Þ ¼ aE Pð Þ þ aC Pð Þ (10)

aE – attraction of Earth
aC – attraction of cosmological masses

aE causes time-dependent deformations of the Earth
by tidal effects and each mass point P is dislocated by
a very small value RD. Each mass point is influenced
by the rotation of the Earth, and its angular velocity is
given by oE = 7.292115·10�5 rad/s, Gravity field of the
Earth.

In an Earth-centered coordinate system, the position
vector RP, which points to point P is given by (refer also
to Figure 2):

RP ¼ R1 þ RD

Then, the gravity vector g(P) can be calculated by:
g Pð Þ ¼ H � V Pð Þ � R
��
p

It holds:

_RP ¼ _RD þ _R1 ¼ _RD þ oE � R1ð Þ
€ €
RP ¼ RD þ oE � oE � R1ð Þð Þ

disregarding the small changes of rotational velocity o
�
E.

The gravity vector can be written as:

gðPÞ¼ aEðPÞ þ acðPÞ�R
��
Dþ oE� oE�R1ð Þð Þ (11)

The first term represents the attraction of Earth, the lat-

ter the centrifugal acceleration which is caused by Earth
rotation.

The middle terms acðPÞ � R
��
D display the time-

dependent part of Earth-tides. For precise gravity field
0

ωE

R1

Rp

RD

Moon

Sun

P

δ

Earth

Gravity Method, Principles, Figure 2 To illustrate the
calculation of gravity effects in a point P at the Earth’s surface,
which depend on the attraction of celestial masses (sun and
moon) and the centrifugal acceleration (d = pol distance,
oE = angular velocity vector).
determinations it must be observed and eliminated from
the observations. The tidal correction which is caused by
the sun and the moon never exceeds 3 � 10�5 m/s2.

For the centrifugal acceleration az, we can write:

az ¼ oE � R1ð Þ � oE

¼ oE
2R1 � ðoE

2 � R1ÞoE ¼ oE
2 � R?

(12)

with
R⊥ = to the Earth’s rotation axis perpendicularly ori-

ented component of R1.
Because R⊥ = 1/2 ∇ R⊥

2 also az is a gradient field:

az ¼ H � Z and Z ¼ 1=2oE
2R?2

Z is called the potential of the centrifugal acceleration

and one obtains for the complete potential of the Earth
with (Equation 9):

W ¼ Vþ Z and g ¼ H �W: (13)
Anomalies
From Equation 13 the normal gravity field (g0) can be
deduced from a “normal Earth body” (among others,
e.g., Heiskanen and Moritz, 1967; Torge, 1989; Blakely,
1996). Geodesists and geophysicists agreed that the “normal
gravity” is defined at an equipotential surfacewhich is part of
a spheroidal surface that bounds a rotating, uniformly dense
Earth. Due to the gravity (attraction) and rotation forces, such
a spheroid has a very comparable shape to an ellipse of rota-
tion. Consequently, it is called a reference ellipsoid: in the
WGS84 geodetic system, the flattening of the ellipsoid is
f = 1/298.257223563. Readers wishing additional informa-
tion are referred to publications by Li and Götze (2001)
and Hackney and Featherstone (2003).

Local variations in altitudes and densities of crust and
mantle, and geological formations cause variations in
the Earth’s gravitational field, known as gravitational
anomalies (see Gravity, Data to Anomalies). Some of
these anomalies can be very extensive and cause even
bulges in sea level. The study of these anomalies forms
the basis of the gravity discipline in geophysics. The
anomalies are measured with extremely sensitive gravi-
meters, and today detected also with gradiometers. The
effect of topography and other known factors (see below)
are subtracted from the observations. Such techniques are
used by geophysics to explore oil and mineral deposits
and global structures. Denser rocks (often containing
mineral ores) cause higher than normal local gravitational
fields on the Earth’s surface; less-dense sedimentary
rocks cause negative anomalies (see Gravity Anomalies,
Interpretation). The separation of gravity anomalies
which are caused by local density variations of rocks
and geological formations implicate corrections of the
observed gravity. It was suggested by Blakely (1996) to
describe these corrections as contributions to the field
which was measured:
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Observed

gravity
= Attraction of the reference ellipsoid (normal
gravity)
+ Effect of heights above geoid (FREE – AIR
correction)
+ Effect of topographic masses above geoid
(BOUGUER and TOPOGRAPHIC correction)
+ Effect of time-dependent variations (TIDAL
correction)
+ Effect of moving platforms (EÖTVÖS
corrections)
+ Effect of masses that support loads (ISOSTATIC
corrections)
+ Effect of both known and unknown crust/mantle
density variations (GEOLOGY)
It is the goal of each interpretation to isolate the effect of
geological bodies from all other terms. We have to con-
sider that the magnitude of this effect is relatively small
if compared with the value of normal gravity:
Normal gravity approximately is
 9.81 m/s2 and
�5 2 �3 2
Gravity effects of “Geology”

approximately is

10 m/s – 10 m/s
Vzzz

VzVzz/xz

V
0

Gravity Method, Principles, Figure 3 Gravitational potential
(V), vertical gravity component, and derivatives of gravity over
a homogeneous sphere with a depth 5 km, a radius of 1 km,
a density contrast of 1 t/m3, and the equivalent masses between
surface and maximum depth (After Torge, 1989).
This is less than 0.01 % of the observed gravity field
magnitude. In geophysics, one distinguishes the standard
anomalies: free air, Bouguer, Isostatic, explained in the
entry Gravity, Data to Anomalies in this encyclopedia.

Ambiguity and principle of equivalence
The interpretation of gravity anomalies is not unique and
boundary condition/information is always required,
mainly from other geophysical disciplines and/or geology.
It can be easily shown by modeling that for a given anom-
aly and a given density contrast, a wide range of possible
interpretations can be made: at various depths, based upon
the different geometrical shapes. Nor does the method of
interpretation by the gravity field gradients allow us to
make a unique interpretation, or to distinguish deep from
shallow anomalies as has been claimed: It has been shown
that we cannot escape the ambiguity by using second
derivative quantities (gradients) or curvature, and that, in
fact, gravity and its derivatives are related by a corollary
of Green’s theorem. This theorem provides an analytical
proof of ambiguity not only for the case of gravity data
but for magnetic data as well (e.g., Skeels, 1947).

The inversion problem
The ambiguity of the inverse problem of gravimetry orig-
inates from potential theory (Stokes). It is related with the
computation of density functions from the observed grav-
ity field. Density functions yield information of location,
shape, and densities of causing masses. The computation
leads to an integral equation, for which no unique solution
exists (see Inverse Theory, Global Optimization). For a
gravity anomaly generated by a particular mass
distribution, infinitely many equivalent disturbing masses
can be constructed at depths above the maximum depth of
a disturbing body (Figure 3). However, the total mass of
the disturbing body (surface integral of the gravity anom-
aly), the lateral position of its mass center, and the
corresponding coating on the surface of the Earth (special
case of an equivalent disturbing mass) can be determined
uniquely. If certain conditions are met, limiting values of
maximal depth, density (difference), thickness, and lateral
extension of the disturbing body can be found. The neces-
sary additional independent information (constraints) is
taken from other geophysical methods and geological
and/or petrological investigations.

In practical solutions of inversion problems, the direct
problem of gravity appears, i.e., the computation of grav-
itational effects caused by particular mass contributions
given in terms of location, shape, and density. In this case,
a unique solution is always possible by application of the
law of gravitation, Equation 9.
Units and gravitational constant
Gravity is measured in ms�2 which is the standard unit in
the “système international d`Unités” (SI units are used in
physics since 1972). The six independent components of
the gravity gradients are measured in s�2. For many appli-
cations of gravity field, the following units are useful:

1 nm s�2 ¼ 10�9ms�2 or

1 mm s�2 ¼ 10�6ms�2:

Also the older cgm – units are still used in geophysics

and geodesy:
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1 Gal ¼ 1cm s�2

1 mGal ¼ 10�5ms�2 or

1 mGal ¼ 10�8ms�2:

“Gal”was (is) used in honor of the famous Renaissance

Physicist Galileo Galilei (1564–1642). Although these
older cgm units are no longer admitted, in applied geo-
physics they are still in use, together with “gravity units”
(g.u. = 1 mm�2).

Measurements and refinements of the gravitational con-
stant have progressed since the time of Newton. However,
up to now, laboratory experiments and physical research
have not rendered a significant or generally accepted proof
of f

�
6¼ 0. Fixler et al. (2003) reported on a new experi-

ment. The Newtonian constant of gravity, f, was measured
by using a gravity gradiometer based on atom interferom-
etry. They report a value of f = 6.693 � 10–11 m / kg s2,
with a standard error of the mean of �0.027 � 10–11 and
a systematic error of �0.021 � 10–11 m3 / kg s2.
Summary
This contribution describes the principles of the gravity
method that was developed by Sir Isaac Newton in the
seventeenth century and holds until today. The theory
bases on the definition of a potential function which
replaces potential energy. A space function and its second
derivatives which are continuous and bounded in a region
where defined are called harmonic functions if they fulfill
the LAPLACE and– in the interior of amass filled space –
the POISSON differential equation. A normal gravity field
can be deduced from a “normal Earth body” and geode-
sists and geophysicists agreed that a “normal gravity” is
defined at an equipotential surface which is part of
a spheroidal surface that bounds a rotating, uniformly
dense Earth. Due to the gravity (attraction) and rotation
forces such a spheroid has a very comparable shape to
an ellipse of rotation. Consequently, it is called
a reference ellipsoid. Local variations in altitudes and den-
sities of the Earth’s crust and mantle, and geological
formations cause variations in the Earth’s gravitational
field, known as gravitational anomalies. In geophysics
elevation is used in all the corrections including the height
correction and the complete Bouguer correction.
In addition, one should correct observed gravity for the
geoid shape. The gravity effects due to the geoid undula-
tions (N) are called the “indirect effects.”Any gravity field
interpretation effected by the ambiguity of the inverse
problem of gravimetry which originates from potential
theory; it is related with the computation of density func-
tions from the observed gravity field.
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Definition
After recalling the need for measuring the Earth’s gravity
field at fine spatial scale and high precision with respect to
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applications in the geosciences, we broadly review the
classical ways of determining global gravity models. We
then describe the new satellite gravity missions with their
basic principles, and finally give our vision of the future in
this domain.

Details in a gravity model recovery (functional repre-
sentation, dynamical approach, inverse problem of celes-
tial mechanics, disturbing forces, etc.) and in the
principles of satellite-to-satellite tracking and satellite
gradiometry (and instruments) are to be found in other
chapters of this Encyclopedia. Broad concepts only and
most important mathematical methods are given here.

Introduction
The knowledge of the gravity field of the Earth and of an
associated reference surface of the altitudes (the geoid) is
necessary for geodesy, for improving theories of the phys-
ics of our planet interior and surface, including various
mass transfer mechanisms, and for modeling the ocean cir-
culation in absolute. This knowledge comes from several
observing techniques; on the global scale it mostly
benefited from the observation of artificial satellite orbits
and has been improved over decades. The current
approach, based on the accumulation of information from
a large number of satellites, one being observed at a time,
reached its limits around the year 2000. Dramatic
improvements now come from newly implemented space
techniques already proposed in the 1970s and rendered
possible thanks to technological progress; they are exem-
plified by the CHAMP, GRACE, and GOCE missions,
which are realizations of the satellite-to-satellite (SST)
tracking principles (in the high-low and low-low modes),
of satellite gradiometry, together with the systematic use
of micro-accelerometry to measure the surface forces that
are a source of uncertainty in gravity field mapping from
satellites.

Geodesy, gravity field, and scientific
applications: why?
Geodesy is a science whose major goal is to define and
study the shape of the Earth, its deformations (from rela-
tive movements of points on its surface), and its gravita-
tional field (or its gravity field if one includes the
rotational effects). It is an old discipline that acquired its
fame in the eighteenth century when French scientists
went measuring arcs of meridians – in Lapland and Peru,
in order to determine whether the Earth was flattened at
the poles or at the equator. Two hundred years later, the
use of artificial satellites yielded a global and continuous
view of our planet, and geodesy, too, benefited from this
revolution. It became a science at the crossroads of others;
for instance it is used daily for navigating satellites with
high precision for oceanography, geophysics, and
a variety of societal applications. In the mid-1960s first
global models of the Earth’s gravity field from satellites
initiated a revolution in geophysics from space; about
40 years later we are witnessing a new era that sees the
deciphering of our planet’s gravity with unprecedented
resolution and accuracy.

For a better understanding of both surface and deep
phenomena that are related to the interior structure of the
Earth and its temporal evolution, for studying the dynam-
ics of the oceans and their interaction with meteorological
and climate changes, for modeling the ice caps–oceans–
continents relationships, and for predicting the long-term
evolution of the mean sea level, also for unifying vertical
reference systems and for the precise determination of satel-
lite orbits in space, it ismandatory to knowour planet gravity
field to ever increasing resolution and precision – including
its temporal variations induced by the aforementioned phe-
nomena. Details are provided by Jekeli (this Encyclopedia);
we limit ourselves to qualitative arguments on the dual role
of the gravity field in Earth sciences.

On the one hand, by comparing the real field with the
field of an idealized body (e.g., an ellipsoid in hydrostatic
equilibrium) one defines gravity anomalies that character-
ize deviations from a state of internal equilibrium (that is
non-radial density variations), which constitutes one
method of sounding our planet’s interior. The magnitude
of gravity anomalies is in the range�1,000/+1,000 mgals
(1 mgal = 10�5 ms�2). As a matter of fact this is one of
four ways of “looking” inside, the other three being seis-
mology, magnetic field studies, and the analysis of the
Earth’s rotation. However, the gravity analysis approach
is unique in providing direct information on the density
field (although this is integrated and cannot be univocally
inverted). When one strips the Earth from its topographic
blocks (with assumed, or known density) one is left with
residual gravity anomalies whose magnitude is not much
different from the magnitude of the original ones; this
exemplifies the phenomenon of isostasy, which is the con-
cept of mechanisms of support of the topographic masses.
Therefore the residual field mirrors mass excesses or def-
icits in depth, which inform us on the lateral structure of
the lithosphere and upper mantle. A significant part of this
information is today provided by seismology, by tomo-
graphic analysis, but still suffers from uncertainties due
to hypothesis on which such inversions are based. The
combination of both types of data (seismic velocities and
gravity anomalies) is a powerful tool to get a better picture
of the interior and to make progress in the understanding
of several phenomena for instance the accumulation of
stresses and triggering of earthquakes.

On the other hand a surface that is intimately related to
gravity, the geoid, is used as the reference for defining and
measuring the altitudes on the continents but also under
the oceans or over the ice caps. The geoid is a particular
equipotential surface of the gravity potential (the sum of
the gravitational and centrifugal potentials), which may
be viewed, in oceanic areas, as the surface of an ocean at
rest. The Earth’s rotation being sufficiently well known
and its effects being smooth at the surface (they essentially
decrease with increasing latitudes), the irregularities of the
geoid (in the �100 m range, as measured with respect to
an ellipsoid of revolution that approximates the Earth’s
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shape) characterize the density field variations in a way
similar to the gravity anomalies. In addition, on the topo-
graphic surface water naturally flows along the geoid (or
other equipotential) slope; over the oceans sea water circu-
lates (under the forcings of winds and density-salinity
fluctuations) and these movements (different from the ver-
tical displacements of water due to tides) and associated
amounts of transported water (and heat, chemicals, nutri-
ents, etc.) can be quantified with respect to the geoid: these
are the ocean currents. One distinguishes between the
mean and the variable parts of the circulation: the latter
can nowadays be monitored by satellite altimetry, whereas
the former (which is needed in the modeling of the climate
by quantifying the long-term absolute transports of heat –
especially in the shallow parts of the oceans) requires the
precise knowledge of the difference between the mean
sea surface and the geoid (the so-called sea surface topog-
raphy); the mean sea surface itself can be deduced from
long series of altimeter measurements but it is demanded
that the geoid be independently determined.

For both solid Earth physics and oceanography, the
requirements today are (at least) for a 100-km resolution
geoid (and gravity field) with a cumulated error – that is,
up to that resolution, of 1 cm (and 1 mgal) or better.
Clearly the classical domains of geodesy (unification of
vertical reference systems, inertial navigation, accurate
satellite orbits for monitoring the Earth’s deformations,
the sea surface, the Earth’s kinematics, etc.) will greatly
benefit from such knowledge.

In addition to this, there is a growing interest, in rela-
tionship with environmental studies and prediction capa-
bilities, in measuring the time variations of the gravity
field (see Gravity Field, Temporal Variations from Space
Techniques). Some of them (e.g., the oceanic and solid
tides) are deduced from the measurements or modeling
of phenomena that are responsible for them, with satisfac-
tory precision and resolution – or close to be satisfactory.
On the contrary others can only be determined from direct
observations, from which the responsible phenomena are
then modeled. These are the postglacial rebound of the
lithosphere (therefore of the planet surface); the variations
of the ice caps, of the sea level, of the large continental
aquifers; and the distribution of precipitations (rain,
snow), the soil moisture, the evapo-transpiration, that is,
the water cycle in general.

Classical ways of measuring the Earth’s
gravity field
Up to a few years ago three types of information have been
used to describe or model, at local, regional, and/or global
scales, the Earth’s gravitational potential and various
functionals:

 Surface measurements of gravity, on land, at sea (with
ships and submarines), by plane (more recently). This
is the oldest approach, much improved along its history.
The measurements are often reduced to gravity anoma-
lies, then gridded and made available at a variable
resolution that depends on the area, on the actual den-
sity of observations, also on restrictions still exerted
by many countries for protecting national economic
(sometimes military) interests. The resolution of such
grids varies from a few to hundreds of kilometers, and
the precision ranges from about 1–10 mgals – the accu-
racy may be worse due to systematic errors in many
data sets (such as the old marine surveys). The data
are archived at world level, mainly at the National
Geo-Intelligence Agency (NGA) in the USA, and at
the Bureau Gravimetrique International (BGI) in
France. Airborne measurements are slowly expanding
but the precision at ground level (after downward con-
tinuation) is still insufficient. More information on gra-
vimetry is provided in cross references.

 The classical analysis of satellite orbit perturbations:
since the 1960s a few groups in the world have deter-
mined global gravity field models from the inversion
(via the law of the dynamics) of satellite orbit perturba-
tions – which reflect the forces acting on a satellite.
This has also been the current and very successful
way of determining the gravity field of other solar sys-
tem bodies (Nerem, 1995). Most used Earth’s satellites
were indeed never designed for such purpose: the space
geodesists simply took benefit of the more or less accu-
rate measurements made from ground stations on these
satellites for orbit knowledge. Various techniques were
exploited, essentially the Doppler effect on the signal
transmitted from a stable oscillator on board a space-
craft to ground stations – or the reverse (case of the
DORIS system), and roundtrip ground to satellite
distances measured by laser systems – and optical
determination of the satellite positions on the star back-
ground was also used at the beginning. The main limi-
tations of these models come from the altitude of the
observed satellites (due to the quasi-exponential decay
of the perturbations with altitude), from the observation
coverage (limited by the ground station networks and
pass duration), and from uncertainties in modeling the
surface forces (atmospheric drag, solar radiation pres-
sure, and Earth albedo). If the data coverage has
improved for some satellites thanks to the development
of denser station networks (e.g., the DORIS system), or
by starting to track satellites from “above,” that is, by
the GPS (Global Positioning System) constellation,
the other limitations remain and prevent from making
significant progress. Solutions derived from satellite
data only up to the year �2000, covered spatial scales
from 500 to 40,000 km, but they were reliable (say at
the centimeter level on the geoid knowledge) only
down to a resolution of about 1,000–1,500 km. That
is why they have been – and are still combined with sur-
face gravimetric measurements and altimetric data (see
below), which bring higher resolution if not precision –
depending on the area; such combined models globally
reach 50 km resolution. The same strategy recently
applied with a much better satellite solution based on
GRACE mission data yielded the EGM 2008 model,
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which has, in principle, a 10 km resolution though it
represents the field with such details solely over areas
with enough surface data. A detailed account of global
gravity modeling history, techniques, and satellites
used so far is given by Pavlis (this Encyclopedia). In a
subsequent section we give an overview of the mathe-
matical methods used to retrieve gravity field informa-
tion from satellite dynamics.

 Satellite altimetry over the oceans: this is a space tech-
nique by which one measures (by radar or laser) the dis-
tance between a spacecraft and the sea surface;
provided that the spacecraft position is known with suf-
ficient precision it provides the sea surface whose time
average is close to the geoid but differs from it (up to
about 1 m in areas of strong currents such as the
Gulf Stream, the Arctic Circum-polar Current, the
Kuro-Shio). For several applications in marine geodesy
and geophysics, it is sufficient to correct for the mean
circulation with the present (approximate) models,
though coastal currents, uncertainties in tidal models,
and larger error measurements close to the shore limit
the usage of the information to the off-shore and open
ocean areas. Such restriction being understood, satellite
altimetry data have had an important contribution to
global Earth’s gravity models in increasing their resolu-
tion over the oceans – but without providing the true
geoid.
New satellite missions
Basic principles were found years ago; technological
advances have allowed for their implementation.

To get rid of the limitations of past systems, any new
satellite approach should satisfy as many of the following
criteria as possible: quasi-polar orbit (for the coverage),
3-D uninterrupted measurements (for recovering the grav-
ity signals with an isotropic error), mean altitude as low as
possible (for higher resolution), counteract the effects of
signal attenuation with altitude by a differencing measure-
ment method, isolate the gravitational signals by measur-
ing and/or compensating the surface forces (which
involves ultra-sensitive accelerometers). The missions
launched during the 2000–2010 decade satisfy more or
less these criteria. Working at low altitude is the constraint
that has received most attention and all missions fly at or
below 450 km (compared to the altitudes of satellites used
so far: 800 km or larger). Surface forces are measured by
micro-accelerometers (and even compensated in the case
of the gradiometric mission). The other criteria have been
considered differently according to the type of mission
and the used technology.

The first dedicated satellite mission, launched in 2000,
was CHAMP (Challenging Mini-Satellite Payload for
Geophysical Research and Application) (Reigber, 1996);
its two main objectives were the mapping of the magnetic
field and of the gravity field of the Earth. It was developed
by Germany, with French contributions (magnetometers,
and a tri-axial electrostatic micro-accelerometer) and the
provision of a GPS receiver by the USA; this is one reali-
zation of the SST approach in the high-low mode (with
a lower segment altitude of 450 km, decreasing to about
320 km toward the end – probably in 2011), which
resulted in the first significant leap in gravity modeling
precision.

CHAMP appears as the precursor of the second gravity
mission GRACE (Gravity Recovery and Climate Experi-
ment), which is a US mission (JPL, 1998) conducted in
cooperation with Germany and launched in 2002. It
consists in flying two satellites separated by about
200 km from each other, on the same mean polar orbit;
the satellites are each tracked by the GPS (like CHAMP)
and besides measure their relative distance and velocity
with a micrometric accuracy – this observable (of the
low-low SST type) may be viewed as an extremely fine
measurement of the gravitational potential difference
at the satellites. Each spacecraft is equipped with
a micro-accelerometer (of a class superior to the CHAMP
one). The mission has exceeded its designed life time (like
CHAMP); besides improving our knowledge of the mean
gravity field (by more than one order of magnitude), it is
bringing a wealth of information on the seasonal and
inter-annual time variations of the gravity field, especially
those related to the hydrological cycle and ice cap volume
changes.

The third mission, which was selected in November
1999 as the first core mission of the Earth Explorer pro-
gram of ESA (European Space Agency) is GOCE (Grav-
ity field and steady-state Ocean Circulation Explorer)
(ESA, 1999) launched in 2009. For the first time,
a gradiometer is flown on board a satellite on a very
low altitude orbit (around 250 km) of 96.5� inclination,
with drag-free control. The gradiometer instrument con-
sists in six ultra-sensitive micro-accelerometers of a new
class (capable of measuring accelerations of 5.10�13

ms�2) and delivers gravity gradients (second derivatives
of the gravitational potential) in spacecraft axes with an
accuracy of a few milli-Eötvös (1 E = 10�9 s�2) per
Hz1/2 in the 0.005–0.1 Hz measurement bandwidth.
The satellite is also tracked by the GPS (and by ground
laser stations, actually like CHAMP and GRACE – for
control and safety), and the combination of these trajec-
tory observations and of the gradiometer measurements
should yield a global gravity model with a resolution
of about 100 km at least with a total uncertainty of
�2 cm on the geoid.
Overview of satellite dynamics methods
In the following we describe the main mathematical con-
cepts and tools that are in common use in satellite geodesy,
that is:

1. The representation of the gravitational potential
2. The solution of the dynamical problem, with two

subparts:
 The equations of motion and their solution



508 GRAVITY METHOD, SATELLITE
 The equations, derived from the preceding ones,
necessary for obtaining the trajectory and physical
parameters at stake (i.e., for the inverse problem)

3. The setting up of the observation equations and their
linearization in the inverse problem

4. The solution of the inverse problem

Some of the described material may be redundant with
Pavlis (ibid).
The representation of the gravitational potential
For most global studies the potential of the Earth’s
attracted masses is usually modeled by a spherical
harmonic series, written at each point P as:

U ¼ GM
r

þ
X
l> 0

GM
r

R
r


 �l Xþl

m¼�l

KlmPlmðsinfÞeiml

with G: gravitational constant, M: mass of the Earth, Klm:
dimensionless harmonic coefficient of degree l and order
m, and r, j, l are the spherical coordinates of the point
P in a reference system fixed with respect to the Earth;
the Plm’s are the Legendre functions of the first kind (poly-
nomials when m = 0) and, for computational stability
reason, are usually normalized (like the Klm’s) – which
we will assume in the following.

Alternatively, the sum of all terms of the same degree l
can be written with real (normalized) coefficients and
functions, in the form:

Ul ¼GM
r

R
r


 �lXþl

m¼0

Clm cosmlþ slm sinmlð ÞPlm sinjð Þ

The C coefficients are called zonals, the C , S
l0 lm lm
(m > 0) are the tesseral harmonics with the sectorials
(l = m) being a special subclass. They may vary with time.

Practically the potential series is truncated at maximum
degree L, that is, |m|� l� L, and therefore dim {Klm}= (L
+ 1)2. L depends on the type of satellite orbits and data
sensitivity.

When the Klm are known, it is straightforward to com-
pute any geodetic functional F, which is linear in these
parameters:

FðUÞ ¼
X
l

flUl

For instance:
– For the gravity anomaly field: F = Dg and fl = (l-1)/rE
2

– For the geoid height: F=N and fl = 1/g (rE,j)

where rE is the radius vector and g (rE,j) is the normal
gravity at the evaluation point on some adopted reference
ellipsoid (E) approximating the shape of the geoid.

Variances and covariances can also be propagated to
these functions from the covariance matrix (see further
down) of the spherical harmonic coefficients (in particular
the variances dC2

lm and dS 2
lm). Useful indicators of the
precision of a model are the mean errors per degree on
some given geodetic functional – usually the geoid and/
or the gravity anomaly field, computed as:

< dF>l ¼ fl
Xl
m¼0

dC2
lm þ dS2lm

� 	
" #1

2

The solution of the dynamical problem
The equations of motion are most often considered in
rectangular coordinates with respect to a given reference
system, and written in a specific time scale. Although
approximate analytical theories exist for describing the
evolution of an orbit subject to disturbing forces (they
are still in use for mission analysis and first order scientific
investigations), numerical integration is systematically
used for higher precision. Forces acting on a satellite are
not only of gravitational origin and their complete model-
ing involves parameters, such as the Klm coefficients,
whose determination requires integrating other systems
of equations associated with those providing the
trajectory.

Reference system and time scale
One makes a choice of a time scale, such as the Geocentric
Coordinate Time or the Terrestrial Time, and of reference
systems: one related to the Earth’s surface (the Interna-
tional Terrestrial Reference Frame, or ITRF), and one
fixed in space (the International Celestial Reference
Frame, or ICRF) as defined by the International Astro-
nomical Union and the International Association of
Geodesy (IERS, 2004). TheKlm coefficients are expressed
in ITRF, and the equations of motion of a satellite are usu-
ally written in a system (EME2000) defined by the
Earth mean equator and mean equinox of epoch J2000
(January 1, 2000 at 12 h) and fixed in ICRF. The transfor-
mation from ITRF to EME2000 involves all phenomena
related to the rotational motion of Earth in space, that is
precession, nutation, sidereal time, and polar motion – of
which parameters may be part of the unknowns in the
inverse problem.

Equations of motion
The spacecraft motion obeys the differential equations, in
EME2000:

€�r ¼ �HU þ �HU 
 þ �GSP þ �GD þ �Gth

with �rðt0Þ ¼ �r0; _�rðt0Þ ¼ _�r0 (initial conditions at begin-
ning of a piece of trajectory – an arc).

In the above,U is the Earth’s gravitational potential,U*

the so-called third body gravitational potential, GSP is the
acceleration vector due to solar pressures (direct from
the Sun, indirect, i.e., reflected by the Earth – known as
the albedo effect) and infrared pressure (radiated by the
Earth considered as a black body), GD is the acceleration
due to drag from the atmosphere, and Gth designates
the residual acceleration due to poorly known effects
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(e.g., thrusters accelerations in the case of an orbit con-
trolled spacecraft). U* includes the Sun, the Moon, and
planets.

For computing the surface accelerations GSP and GD,
a so-called box-and-wing (macro) spacecraft model (with
a few planar faces) is used (together with ad hoc physical
coefficients), and one has also to use an attitude model.
Alternatively, GSP and GD may be measured by very
sensitive micro-accelerometers such as in the CHAMP,
GRACE, and GOCE satellites. The Gth effects may be
modeled via time series or as window (rectangular) func-
tions at some specific epochs (for instance the times of
attitude maneuvers).
Integration of the equations of motion
This is the direct dynamical problem. Numerical integra-
tion is systematically used. Robust multistep integrators,
of the Adams, Adams–Moulton, or Cowell type, in nor-
mal form or in summed form (which reduces the accumu-
lation of round-off errors), are preferred. Such integrators
have a starting phase, then a running phase with
a predictor–corrector iterative scheme. One big advantage
of such class of methods is that one can easily speed up the
algorithm, by sometimes a dramatic factor in performing
a pseudo-correction by which the full force function
(right-hand side member of the dynamical equations) is
replaced (after the first loop of the corrector part) by an
approximation (e.g., the central term of the gravity field
plus a few other important terms).
Variational equations and their integration
The inverse dynamical problem consists in determining
the physical model parameters (or a subset of them) from
the observation of the satellite trajectory – by any mean.
It also implies the determination of the equations of
motion initial conditions in a first step or simultaneously
(usually by iteration).

As it is known, and as we describe it in the next sub-
section, this requires to obtain at each time t the partial
(first) derivatives of the satellite state vector ð�r ; _�r Þ with
respect to the components of the initial conditions vector
(which we call �Z) and similarly with respect to the vector
of all searched for physical parameters (which we call �P).
This is achieved via the variational equations.

We rewrite the equations of motion as follows:

€�r ¼ �g ð�r; _�r; t; �PÞ
with ð�r; _�rÞt0 ¼ �Z

�r and _�r are functions of t, t , �Z; and �P. Let w be any Z or
0 j
Pk. Then:

@

@w
€�r ¼ d2

dt2
@�r
@w


 �
¼ @�g

@�r
@�r
@w


 �
þ @�g

@ _�r

@ _�r
@w


 �
þ @�g
@w

We note that @ _�r=@w ¼ dð@�r=@wÞ=dt and that the last

term is present only if w = Pk.
Therefore any vector �g ¼ @�r=@w is solution of the
system of so-called variational equations:

€�g ¼ @�g
@�r

�g þ @�g
@ _�r

_�g þ 0
@�g=@w

� �w¼Zj

w¼Pk

with

giðt0Þ ¼ _giðt0Þ ¼ 0 8i if w ¼ Pk ;¼ dij
if w ¼ Zj;

since this is nothing but the Jacobian Dðri;_riÞ
D½riðt0Þ;_riðt0Þ	
h i

t0
.

We have one such system for each parameter to be esti-
mated, which could be very costly to integrate, but we
note that: @�g=@ð�r; _�rÞ is common to all systems ð8wÞ and
can be evaluated once (at convergence of the predictor–
corrector loop) at each stepsize in the course of the inte-
gration of the main system; these variational equations
are linear (with coefficients function of time); therefore
they can be economically integrated by quadrature or,
more efficiently, by using solely the predictor part of
the integrator (another approach uses the matrizant of
the associated homogeneous system, followed by
quadratures).
The observation equations for the inverse problem
The recovery of the gravity field model parameters is an
inverse problem that consists, here, in deriving the gravity
coefficients (Klm) from a set of observation equations.
General form of the equations
Each measurement q of a functional f of the satellite
position (or velocity) is of the type:

q ¼ f ð�r; _�r; t; �QÞ
or:

q ¼ f ð�r1;�r2; t1; t2; �QÞ
Direct measurements of a gravity field functional (such
as gravity gradients along one or several spacecraft axis)
are of the form:

q ¼ f ð�r; _�r; t; �PÞ
In the above,�r; _�r;�r ;�r are usually functions of �Z and �P,
1 2

respectively, the initial condition (state) vector (often
comprising other “fudge” parameters – e.g., empirical
multiplying factors for the surface forces) and the dynam-
ical parameter vector (of which the gravity field parameter
is a subset). �Q is a vector of geometric quantities (for
instance coordinates of observing stations) and/or other
physical parameters (e.g., propagation delays in a
medium).
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The observation equations are usually nonlinear with
respect to the unknown parameters. The classical
approach is to linearize them around starting values:

Dq ¼ qobs � qcomp

¼ @qcomp

@�Z
D�Z þ @qcomp

@�P
D�P þ @qcomp

@ �Q
D�Q

with

D�Z ¼ �Z � �Z0; D�P ¼ �P � �P0; D�Q ¼ �Q� �Q0

Partial derivatives are computed via the variational equa-

tions of the equations of motion of the satellite(s) when q is
a distance, velocity between an observing reference point
(a tracking station on Earth, another spacecraft – like in
the Earth gravity mapping missions CHAMP, GRACE
and GOCE), or are directly evaluated if q can be expressed
as a simple function of the physical phenomena at stake at
the satellite location, such as a gravity gradient in the case
of a gradiometer sensing the gravitational potential (case
of the GOCE mission).

More precisely, we have

@qcomp

@ �Q
¼ @f

@ �Q
@qcomp

@ð�Z; �PÞ ¼
@f
@�r

@�r

@ð�Z; �PÞ þ
@f

@ _�r

@ _�r

@ð�Z; �PÞ
(or @f =@�r ; @f =@�r if the observable involves two space-
1 2
crafts with both orbits being adjusted simultaneously like
in GRACE). In current observation systems @f =@ _�r is not
present: the only case would be a Doppler type measure-
ment, but this is always treated as a difference of ranges
(between the beginning and the end of a given count time).

The quantities @f =@ �Q; @f =@�r are in principle easy to
compute at the observation epoch although in practice
one has to take account of the signal propagation duration,
of small motions at the observing stations (solid and fluid
tides loading effects, tectonic movements), of relativistic
clock effects, etc.

Finally @�r=@ð�Z; �PÞ is obtained by integration of the
variational equations as described in the previous
subsection.
Example: range measurement generic observation
equation
All tracking observations of a satellite orbit involve one or
several range values. Consequently, it is logical to con-
struct a generic observation equation for a single range
measurement between two points S1, S2, being understood
that the final equation for a real measurement is
a combination of generic equations. Besides this allows
an easy generalization to the case when the observing sta-
tion is replaced by another spacecraft (a high altitude nav-
igation satellite – e.g., from the GPS constellation, or a co-
orbiting satellite like in the GRACE mission). Therefore
let us consider the case where S2 is the satellite of interest
and S1 can be a station or another spacecraft.

Firstly propagation times must be taken into account by
an iterative scheme that allows to refer the quantities to the
true epochs (t1 for S1 and t2 for S2). Various corrections
being properly applied the range S1S2 then reduces to
the geometric quantity:

r12 ¼ r2 � r1kk
The observation equation is therefore:
robs12 � rcomp
12 � dr12 ¼ û12� dr2 � dr1ð Þ

with û12 ¼ �r12=r12 and:

d�rn;i ¼
X

j

@�rn;i
@ðPInt jn;iÞ

DðPInt jn;iÞ

þ
X

k

@�rn;i
@ðPExtkÞ DðPExt

kÞ

(n= 1, 2).

The quantities with comp superscript are derived from

the numerical integration of the equations of motion of
the satellite(s), the Jacobian matrices @ :::f g=@ P:::f g are
obtained from the integration of the variational equations;
the i subscript refers to the ith arc in a strategy where the
ensemble of the processed data is split into several
batches, and we have distinguished between internal (or
inner) parameters (proper to the ith arc) and external
parameters (common to all arcs). For each batch of data
the inner parameters are solely solved for in an iterative
process (because of significant non linearities); at the
end all parameters are considered and the equations are
solved in ensemble. The whole procedure may then be
iterated.

The solution of the inverse problem
The observation equations have been linearized, which
yield the system:

Ax ¼ b

where x is the vector of unknowns (of dimension N), A
is a M*N matrix (M is the number of observations and
usually M>>N), and b the residual vector (of the Dqs).
A weight matrix P (M*M) is associated to the observa-
tions; it is very often reduced to its diagonal part for prac-
tical reasons.

These equations can be solved by least squares, usually
by forming the normal equation system:

AT
Y

A
� �

x ¼ AT
Y

b

from which x is computed; N=AT PA is a (N*N) matrix.
A regularizing procedure may be used when the observ-

ability and/or sufficient decorrelation of all parameters are
not guaranteed; in such a case N is replaced by N+R,
where R is the regularizing matrix. This is usually
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necessary for the inner unknowns (initial orbital elements,
empirical parameters, etc., which may not be fully deter-
minable). For the physical parameters, R may be as
follows:

 Derived from an approximate physical law (e.g., Kaula’s
law for the gravitational harmonic coefficients – usually
applied above a certain degree or for particular classes of
coefficients such as the zonals)

 Obtained from a priori physical information

The covariance matrix of x is finally computed as:

covðxÞ ¼ s20 N þ Rð Þ�1

where s0 is the variance of unit weight estimated from the
system and residual vector.

Other methods (orthogonal decomposition – e.g., using
QR factorization) may be used for computational accuracy
reasons.

The computational cost of the formation of the normal
system and of its solution is as follows:

 Proportional to MN2 for forming the normal equations,
or for an orthogonal decomposition

 Proportional to N3 for obtaining the solution and the
covariance matrix

The first step is obviously the most demanding and this
aspect has always driven the strategy of research teams
working on the determination of global gravity field
models.

Progress made: a short summary
Early in the space age several research groups started
working on the determination of the gravity field of the
Earth. One of the first global models published was the
Standard Earth I, by an American team at the Smithsonian
Astrophysical Observatory (Lundquist et al., 1966); it was
a solution derived solely from analytical theory and satel-
lite tracking (optical) data and complete to degree and
order 8 (plus a few so-called resonant harmonics of higher
degree and order). It was quickly followed by a combined
solution (to degree-order 16), which was based on a little
more satellite data and on mean surface gravity values
(Gaposchkin and Lambeck, 1969); this model was
enriched a few years later (Gaposchkin et al., 1973).
Meanwhile similar work (but based on numerical integra-
tion approach) had started at the NASA Goddard Space
Flight Centre (GSFC), and in Europe where two groups
(at CNES, the French Space Centre, and at the Technical
University in Munich) joined their efforts. This resulted
in two series of models: the GEMmodels on the American
side (Lerch et al., 1972a, b), the GRIM models on the
European side (Balmino et al., 1976a, b). For several
years these two series of models were improved, the
GSFC team joined efforts with a group from the Univer-
sity of Texas at Austin, the German side of the European
alliance was transferred at the DGFI (Deutsches
Geodatisches ForschungsInstitute) then at the GFZ
(GeoForschungsZentrum). All teams involved in this
domain produced many global models, each milestone
being marked in general by a new satellite solution,
followed by a combined model, that is, with the added
(higher spatial frequency) contribution of surface gravim-
etry and ocean altimetry (see Pavlis, ibid.).

At the end of the twentieth century, models were limited
(mostly in the precision of knowledge of their long and
medium wavelength components) by the weaknesses of
the satellite solutions; for instance the cumulated geoid
error at degree 50 (400 km resolution) was still over 1 m.
The revolution came with the advent of the new dedicated
gravity missions: CHAMP quickly provided a gain of
a factor 5–10 (depending on the resolution) to the models
derived from it (and from other good past satellite data),
GRACE yielded models whose quality now reaches
a centimeter error at degree 100 (allowing the study of
time variations); GOCE looks very promising after 1 year
in orbit, with its capability of complementing GRACE
mean (static) models in the higher degrees (very likely
up to degree 250 or even above). Due to the difficulty
and importance of this type of research (whose outputs
require extremely thorough validation – by cross-verifica-
tions), many more groups have engaged in the processing
of the new missions data, such as the Institute of Theoret-
ical Geodesy at the University of Bonn, which recently
produced a very good gravity model from GRACE
(Mayer-Gürr et al., 2010).

Finally, Table 1 lists some of the main satellite only
solutions published since 1966.
Conclusion and vision of the future of gravity
mapping from satellite
New progress can only come from a space approach for
this only can satisfy the scientific needs (homogeneous
data, full coverage, higher resolution and precision) within
reasonable time and cost.

From the results already obtained, which demonstrate
that the new gravity missions are (close to) meeting the
expected outcome, one can say that several of the objec-
tives previously discussed have been reached. However,
and like in other domains, new requirements are emerging,
encouraged by the findings of these missions: higher reso-
lution and precision models and therefore measurements
are needed.

If we restrict ourselves to the approach by satellite-to-
satellite tracking or satellite gravity gradiometry, which
are used in the new satellite missions of this decade, we
may foresee improvements:

– On the precision of deciphering the time variations of
the gravity field at shorter spatial scale, by exploiting
further the co-orbiting satellites case like in GRACE;
this could be done by performing inter-satellite range
measurements by laser interferometry, a technique that
has been under study and development (at laboratory
scale) for several years
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Model Year Degree Data Reference

ITG-Grace2010s 2010 180 S(Grace) Mayer-Gürr et al., 2010
GGM03S 2008 180 S(Grace) Tapley et al., 2007
ITG-Grace02s 2006 170 S(Grace) Mayer-Gürr et al., 2006
EIGEN-GRACE02S 2004 150 S(Grace) Reigber et al., 2005
EIGEN-GRACE01S 2003 140 S(Grace) Reigber et al., 2003c
EIGEN-2 2003 140 S(Champ) Reigber et al., 2003b
EIGEN-1 2002 119 S(Champ) Reigber et al., 2003a
EIGEN-1S 2002 119 GRIM5,S +Champ Reigber et al., 2002
GRIM5S1 1999 99 S Biancale et al., 2000
GRIM4S4 1995 70 S Schwintzer et al., 1997
JGM2S 1994 60 S Nerem et al., 1994a
JGM1S 1993 60 S Nerem et al., 1994a
GEMT1 1987 36 S Marsh et al., 1988
GEM9 1977 20 S Lerch et al., 1979
GEM7 1976 16 S Wagner et al., 1976
GRIM1 1975 10 S Balmino et al., 1976a
GEM5 1974 12 S Lerch et al., 1974
GEM3 1972 12 S Lerch et al., 1972b
GEM1 1972 12 S Lerch et al., 1972a
SE1 1966 8 S Lundquist and Veis, 1966
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– On the resolution of the static field (mapping of finer
lateral variations of gravity) by a satellite-borne
gradiometer of enhanced sensitivity, such as
a cryogenic instrument that had been studied in the
USA and in Europe

Future progress may also be possible by revisiting the
differential approaches, for instance by differencing
(or double differencing) relative velocity measurements,
or by flying two or more satellites in specific geometries
(gravimetric “wheel,” pendulum configuration, etc.).

But there comes a critical aspect: GRACE results have
shown the great potential of such a mission for environ-
mental studies and call for the need to continue monitoring
the Earth’s gravity field variations (much like we continue
monitoring the mean sea level by altimetry). Considering
that the GRACE mission may soon come to its end, the
main issue is – and will be at each time a new gravity
satellite system is flown – to decide on the follow-on mis-
sion as quickly as possible so as to avoid any discontinuity
in the data series.
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Definition
Gravity method. Geophysical method based on measuring
the variations in the earth’s gravity field.
Gravity stations. Locations, where gravity measurements
are made.
Base gravity stations. Locations, where absolute value of
the earth’s gravity field is known.
Primary base. Gravity observation stations, which are
made on stable platform and absolute value of the gravity
field is known to a greater accuracy.
Secondary bases. Temporary bases established for
a particular survey.
Closed loop. Bases that are connected in a loop for base
loop correction.
Drift correction. Correction applied for nontidal variation
of gravity, which is mainly dependent on the behavior of
gravitymeters with time.
EOTVOS correction. Correction applied to marine gravity
data for the movement of ship.
mGal; 1 mGal = 10�5 m/s2

mGal; 1 mGal = 10�8 m/s2

Introduction
Gravity method in geophysics is employed to determine
subsurface density distribution by measuring the variation
of the earth’s gravity field. Measurements of gravity field
are usually made on the earth or ocean surface. The scale
of investigations (accuracy and spatial distance of gravity
measurements) depends on the type of geological prob-
lems being investigated. These vary from a few mGal to
mGal of measurements accuracy, which is a few millionth
of average earth’s gravity field (9.8 m/s2) and station inter-
vals of a few meters to a few kilometers. Based
on applications, gravity survey can be broadly classified
in the following three groups:

1. Regional gravity surveys: Station spacing is a few kilo-
meters and survey accuracy is of about 1 mGal. It is
generally used for tectonic and geodynamic studies.
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2. Reconnaissance gravity surveys: Station spacing
is a kilometer or so and survey accuracy is of
0.1–0.5 mGal. Such surveys are normally planned for
delineating promising zones for hydrocarbon and min-
eral exploration, tectonic and lithological mapping.

3. Detailed gravity surveys: Mainly done to demarcate
local geological structures favorable for mineral
deposits, engineering applications, and groundwater
studies. Survey accuracy is in the order of�0.01 mGal
and station interval is in the order of a few meters.
Measuring equipments
Gravity measurements
There are primarily three methods of measuring earth’s
gravity field:

(a) Amethod, in which period of pendulum is used to find
absolute value of gravity

(b) Method based on measuring velocity of free-falling
body in the vacuum chamber that also provides abso-
lute value of gravity

(c) Sensitive spring balance, in which change in the
spring length offers variation in the earth’s gravity.
They are relative measurements.

The spring balances are relative instruments, however
they are main source of gravity data recording. They mea-
sure the differences in the gravity field between two or
more points.Worden gravity meter is one such gravimeter,
which is employed extensively in several countries.
Scintrex gravity meters are now only commercially avail-
able gravity meters, which have least count of 1 mGal.
Similar kind of gravity meters are also used on the ship,
however they are specially designed to take care of verti-
cal and horizontal accelerations with gyroscopic
adjustments.
Elevation and position measurements
Gravity field of the earth increases as we move toward
poles due to flattening and centrifugal force. The factor
that affects the earth’s gravity field most is the distance
from center of the earth (R). Therefore, the elevation of
stations and its position should be precisely known for
gravity surveys. There are several ways to know the posi-
tion and elevation but nowadays Global Positioning Sys-
tem (GPS) provides a best method of determining
position and elevation by utilizing information from sev-
eral orbiting satellites. Sometimes, when measurements
are made in shadow regions particularly in the forests,
the GPS navigations are not very good. In such cases, the-
odolite, navigation based on maps, and elevation using
pressure measurement devices are often used as per the
requirements of survey accuracy. GPS measurements are
improved by using them in differential GPS mode
(DGPS). DGPS navigation systems that provide position,
speed, and heading information of ship are common now
for shipborne gravity measurements.
Land gravity survey
Gravity survey often refers to the measurement of the
earth’s gravity field along with the position and elevation
of the observation point. Elevation effect is approximately
0.2–0.3 mGal/m implying that an error of 1 m in elevation
of the stations will affect the gravity measurement by
about 0.2 mGal which is quite significant, especially when
the accuracy of gravimeters is 0.01–0.001 mGal. There-
fore, ample efforts are made to record elevation of the sta-
tions of the desired accuracy for a particular survey. In
general, gravity measurements are made over a plain area
a few meters away from depression, ponds, mound, etc.,
which can affect the gravity readings.
Preprocessing of field data
Gravimeters are highly sensitive and they are affected by
the changes caused due to the mechanical and environ-
mental changes such as jerks, pressure, and temperature.
Gravimeters measure variations in the gravity field, thus
the measurements using them are required to tie with the
base stations where the absolute values of the gravity field
are known. Therefore, measurements need to be corrected
for factors influencing measurements to achieve
the needed accuracy. There are mainly two corrections,
namely, (1) drift correction and (2) base loop
correction, which are applied during course of the field
work.
Drift correction
When the repeat observations are made by a gravimeter at
the same location, it is found to be varying with time. The
variation in the gravity field with time is caused due to
several geophysical phenomena (Tiwari and Hinderer,
2011). In a gravity survey, time-varying gravity field is
primarily attributed to the tidal effect and nontidal
changes, primarily caused due to the mechanical behavior
of the gravimeter and contributions from atmospheric or
hydrological effects during few hours of repeat observa-
tions. The peak to peak tidal effect is about 300 mGal dur-
ing new moon day and can be precisely calculated for
specific locations using standard available softwares.
The nontidal variation is referred as drift of the gravimeter
(Figure 1). This is normally �0.0–0.03 mGal/h and is
corrected after removing tidal effects computed for that
specific location. The drift correction is estimated by mak-
ing repeat observations at the interval of 1–2 h and the dif-
ference in the two nontidal gravity values, known as drift
of the instrument, is distributed proportionally to the other
observations made during that period. Figure 1 shows the
variation of the gravity field with time, tidal effect and
drift at Hyderabad. Repeat observations at a fixed location
are also important to understand the condition of gravime-
ters. If drift of the gravimeter is more than a permissible
limit of <0.05 mGal/h, the instrument needs to be thor-
oughly checked for scale adjustments, battery, etc., or sur-
vey needs to be redone.
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Base loop correction
Gravity base stations are the points where the absolute
value of the gravity field is known to an accuracy of
0.01 mGal (10 mGal) and are used to obtain the absolute
value of the gravity field at the stations in the field by mea-
suring its variations with respect to base stations. There are
primary base stations in the country usually at fixed loca-
tions such as railway stations, airports, etc. In any gravity
survey, a network of secondary bases is established
encompassing survey block, which is connected to any
of the known primary base. To achieve the accuracy,
a particular procedure of measurements is followed. The
bases are connected by looping three times between two
bases A and B as A-B-A-B-A-B (A and B being two sta-
tions, Figure 2) and occupying them usually within an
hour to ensure that the instrument drift is linear and mini-
mum. This measurement procedure is referred to as double
tie of bases. This kind of looping provides three observa-
tions at every base, which are corrected for the drift of
the gravimeter based on consecutive five readings. The
consistent value from the three observations or the average
of close-by readings if they are not consistent is chosen for
every base station. In case of large survey area such as in
a regional survey or hydrocarbon exploration, bases are
first established in the region that are subsequently used
to tie the gravity stations for their absolute values and
simultaneously used for drift correction so as to avoid
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Gravity Method, Surface, Figure 1 Observations of gravity
changes at Hyderabad for a day. Tidal and drift of the instrument
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Gravity Method, Surface, Figure 2 A and B are two bases that
are occupied five times starting from A to B and going back and
forth that provide three diurnal corrected readings at each
station which are used to obtain correct reading at base stations.
reoccupying same base after 2 h. In these cases, the survey
starts from a base station and closed at some other base sta-
tion after every 1–2 h. The difference in the gravity field is
adjusted with respect to their absolute values distributed to
the station occupied during that period.

The bases are established on permanent structures
for easy identification during the survey and afterward.
Figure 3 shows a typical example of a network of bases,
which shows the differences in the gravity values between
two bases along the arms with arrows showing toward
higher values. These differences along the arms of
a network (loop) are added or subtracted as the case may
be depending on the direction of the arrows to obtain the
difference at closing base of the loop. Ideally, it should
be zero but in all practical surveys a difference is found,
which is known as closed loop error (CE). This difference
is divided by number of arms that gives the distribution
error (DE). The arrow inside the loop points in the direc-
tion of the positive loop error. In this case, station number
1 is a primary base that is used to establish secondary
bases in the survey block for ease of recording the gravity
readings in the survey block. Initial checks for loop clo-
sure errors are done in the field itself in order to repeat
the erroneous bases in case the loop error is found to be
more than the permissible error. The permissible error
for the closed loop is 0.02 √n mGal, where n is number
of arms in a loop. Sazhina and Grushiny (1971) have pro-
vided detailed description of these corrections under
“Adjustment of Gravity Networks” similar to geodetic
networks. Having established the requisite number of base
stations in an area, the gravity observations at various sta-
tions are tied to these bases within a maximum time limit
of 1–2 h for drift correction during that period. In regional
surveys where survey is conducted along roads at station
spacing of 3–5 km, it may not be possible to make loops.
However, as the desired accuracy of the gravity data in this
survey is limited to 1 mGal, bases can be tied along the
roads at about 20–30 km interval as A-B-A-B which pro-
vides two drift corrected readings at every base. The aver-
age of the two readings is taken as the base value. In case
of mineral exploration, if the area is small and isolated far
away from any known base, an arbitrary base is chosen
near the camp with any arbitrary value, for example,
0, 100, 1,000, etc., and all the readings are reduced to this
arbitrary base value. This provides the gravity anomalies
in the survey block with reference to the arbitrary base.
In case it is desired, this arbitrary base can be tied to stan-
dard bases in the nearby region even after the survey and
observed gravity values at stations are updated with refer-
ence to the absolute value of the gravity field at the base
station accounting for the arbitrary value adopted previ-
ously for the survey.

There are several other corrections like latitude, terrain,
elevation corrections, etc., that are applied to the observed
gravity field at a station to obtain Bouguer anomaly or
simply gravity anomaly at a station (Lafehr, 1991; Gotze
and Li, 1996). These corrections are dealt under data
reduction or preparation of gravity anomaly maps.
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Marine gravity survey
The fundamental difference of marine gravity survey from
the land survey is measurements on moving platform,
which distorts the measurement accuracy. However, if
the speed and accelerations are measured, the
corresponding corrections might be applied to the gravity
data. Nevertheless, themeasurement accuracy on themov-
ing platform like ship will not be as accurate as measure-
ments made on ground. The standard accuracy of marine
gravity survey is an order of magnitude less than ground
survey. The sea state pose another difficulty in the marine
survey, it is apparently calm in the deep water and more
predictable than the shallow sea or near the coast. Thus,
marine gravity measurements are generally corrected for
effects of moving platform, earth’s tide, drift, and adjusted
for crossover tracks as briefly explained below.

Moving platform correction
The gravity field measurements are distorted due to move-
ment of ship, as well as due to horizontal and vertical
accelerations, which can be corrected and eliminated by
using supplementary data. They are classified in three cat-
egories (Dehlinger, 1978).

EOTVOS corrections: When a ship moves, particularly in
the east west direction, it experiences centripetal accel-
erations about the earth’s axis that modifies the acceler-
ation due to gravity. This can be precisely corrected if
the speed and heading of ship is known.
Corrections for horizontal and vertical accelerations:
These corrections are applied to gravity measurements
for any horizontal and vertical motion of the platform.
In the modern type of gravimeter, they are adjusted by
designing stabilized platform or gimbal-suspended sys-
tems. They are also removed using GPS data and then
averaging of several gravity values.

Corrections for cross coupling accelerations: This correc-
tion is applied to a beam type of gravity measuring
instruments when it is rigidly attached to stabilized plat-
form. The error occurs when horizontal and vertical
components of ship accelerations have equal periods
and have a phase difference.

Earth tide correction
As discussed above, earth and ocean are subject to the
gravitational attraction of Sun and Moon. Over the land,
major part of tidal effect is perturbation of solid earth;
however, over ocean the perturbation of outer water
surface also has pronounced effect. Therefore, tidal cor-
rection applied to shipborne gravity data should have
a model of both solid earth and ocean.

Drift correction
All the marine gravity surveys start with known absolute
gravity value at the port of sailing and closed to the known
gravity station at the end of survey. Since the time of
reoccupation of known gravity bases (reference stations)
are generally weeks to month, the drift computed are not
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very accurate. Nevertheless, all the spring associated grav-
ity meters also have long time drift that are generally taken
into account while closing the marine survey though they
are often small.

Network or crossover adjustments
The problem of offset in the marine gravity survey is quite
known. It arises due to several reasons (Wessel and Watts,
1988). One of the main reasons of offset is mechanical tare
or jar of the spring type of gravitymeters. Cross over correc-
tions in the same Leg of themarine survey is similar to close
loop correction discussed for land survey. In case of marine
survey over a block, a cross cutting profile is recorded that
is used for instrumental check, drift, and data accuracy.

Design of survey
Designing of gravity survey is a vital component to opti-
mize the resources according to the geological problems.
Following are the details.

Regional surveys for geodynamic studies
As the name indicates these surveys are basically regional
in nature and are conducted in large regions for
geodynamic studies especially for crustal and upper
mantle structures. These surveys are carried out along
roads and tracks at a station spacing of 3–5 km, which
delineates long wavelength anomalies related to large
scale structures and density inhomogeneities. Anomalies
recorded in these surveys are of the order of tens of
mGal (10–100 mGal) spread over a few hundred km
(�100–1,000 km). The accuracy of such surveys is lim-
ited to�1–2 mGal that can be obtained by controlling ele-
vation of stations using Differential Geographic
Positioning Systems (differential GPS) with accuracy bet-
ter than 1 m in elevation.

Hydrocarbon exploration
There are two aspects of gravity surveys for hydrocarbon
exploration on land, namely, (a) reconnaissance gravity
survey and (b) detailed/integrated gravity surveys
(Nettleton, 1976).

Reconnaissance gravity survey
Gravity surveys for exploration of hydrocarbons are basi-
cally conducted as reconnaissance surveys to delineate
basement structures and structures in sedimentary basins
to delimit the areas for seismic surveys. It is generally, car-
ried out in a large area covering a specific basin along
roads and tracks at a station spacing of approximately
2.0 km. It is planned in such a way that network of stations
at about 2.0 km spacing are available in the entire region.
The order of gravity anomalies expected from such struc-
tures are of a few mGal in amplitude and therefore, the
desired accuracy of such surveys are �0.1 mGal. Station
elevation is therefore obtained by geodetic leveling or Dif-
ferential GPS providing elevation to an accuracy of a few
cm (<10 cm). To check the accuracy of recorded gravity
value, 5–10% of gravity stations are repeated on different
days and preferably by different observers. In ocean, sur-
veys are conducted along profiles 4–5 km apart over a spe-
cific block and bathymetry is recorded with echo sounder.

Detailed/integrated gravity survey
While conducting seismic surveys for exploration of
hydrocarbons, it is a general practice to follow the same
profiles by gravity surveys at closer stations spacing of
0.5–1 km. These surveys are basically conducted for an
integrated approach to supplement the information derived
from seismic surveys and delineate structures within the
sediment. The desired accuracy of such surveys are
�0.01 mGal (10 mGal) and therefore, station location and
their elevation to accuracy of a few centimeter (<5 cm)
are usually obtained from geodetic surveys or dual fre-
quency differential GPS. In case of shallow gas occur-
rences, such surveys can be conducted over a grid with
both profile and station spacing of 10–100 m as the case
may be.At the places, where reflection seismic data is poor,
gravity survey is conducted to supplement the seismic.

Surveys for minerals, groundwater, and engineering
sites
The application of gravity survey for mineral and ground-
water exploration primarily lies in delineating surface/
shallow structures such as faults, fractures, etc., which
may be mineralized (Parasnis, 1997). Same is the case
with engineering sites where shallow structures such as
faults, fractures, etc., are delineated to avoid those sections
for large scale constructions such as dams, power plants,
etc. The survey procedures for application to these studies
are therefore, similar in logistics. They fall under two cat-
egories, namely, reconnaissance and detailed/integrated
surveys.

Reconnaissance survey
This kind of survey is carried out to limit the area of inter-
est from a larger area. It is conducted along profiles sepa-
rated by a few hundred meters a part (100–500 m) at
stations spacing of a few tens of meters (10–100 m). If
the area is large and inaccessible to lay down specific
profiles, it is conducted along available roads and
motorable tracks at a station spacing of a few tens of
meters (10–100 m). Due to desired accuracy of gravity
data, elevation of stations in these surveys are obtained
by geodetic leveling or differential GPS, providing eleva-
tion to an accuracy of a few centimeters (<10 cm). If the
area is not large and accessible, a base line is laid out
parallel to the general strike of the geological formation
in the center of the block and profiles are laid out perpen-
dicular to it at desired intervals. Stations are marked along
the profiles at regular intervals by geodetic survey or using
differential GPS. Based on these reconnaissance surveys,
promising zones and geologically significant structures
such as faults are delineated which are followed up by
detailed gravity and other geophysical surveys such as
electrical, electromagnetic, etc. In case of surveys for
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engineering sites, same reconnaissance procedure is
followed to delimit the area as described above for mineral
exploration.

Detailed/integrated gravity survey
Detailed gravity survey for the mineral exploration is basi-
cally limited in areas of a few square meters and are car-
ried out in grids with profiles and station spacing of
a few meters (1–10 m) or may be even less depending
on the size of the area and the target. A baseline is laid
out parallel to the general strike of the geological forma-
tions, and profiles are laid perpendicular to it at almost
same spacing of 1–10 m as per requirement of particular
survey. Stations along the profiles are marked by the geo-
detic survey at the same interval as profiles forming a grid.
In certain cases, the observed gravity anomaly may be less
than 0.1 mGal, which require survey accuracy of about
0.01 mGal (10 mGal).
Summary
Gravity method, surface includes both onshore and off-
shore measurements of the gravity field of the earth for
geodynamic studies and resource exploration. Accuracy
of the gravity survey required for various purposes and
precautions to be observed in this regard are discussed.
Geodynamic studies to an accuracy of 1–2 mGal can be
carried out using normal gravity survey but resource
exploration usually requires high-resolution gravity sur-
vey to an accuracy of �10 mGal using microGal gravime-
ters. In such cases, base loop correction in ground surveys
and correction for crossover points in marine surveys are
essential and are emphasized.
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Definition
Gravity modeling. Explaining the variations of the
external gravity field of a body in terms of its internal
density variations. Applications range from oil
prospecting to the deep structure of the Earth.
Inverse problem. In Gravity modeling, the forward prob-
lem is to compute the external gravity field of a body
knowing its internal density distribution. The inverse
problem is the opposite, and is much more difficult to
solve for.

The gravity modeling from a theoretical point
of view
Gravity is an elusive quantity to deal with, but a powerful
one. This is mainly because unlike electromagnetic forces,
gravity cannot be shielded as there are no negative masses.
We refer to LaFehr (1980) andMilsom (1996) for an intro-
duction to the gravimetric techniques (see also Gravity
Method, Principles), and Zidarov (1990) for the subtleties
of gravimetric inversion. Good monographs are available
on the theory and computational aspects of gravity
modeling. The one from Blakely (1996) is particularly
exhaustive (see also Gravity Anomalies, Interpretation).
Here we give just a short introduction, with emphasis on
the modeling directly done on the data, and not on its
Fourier transforms.

A landmark success of the application of gravimetric
interpretation is the identification of the Chicxulub crater
buried underneath the Yucatan Peninsula (Hildebrand
et al., 1991, Figure 1, see Impact Craters on Earth).

The reasons why gravity is so elusive are profound
and lie deep in potential theory. Let us start with
a simple example. The radial gravity outside a homoge-
neous sphere of mass M and radius r is given by GM/R2,
where G is the Newtonian constant and R the distance
from the center of the sphere. But r does not intervene in
the computation, as long as R > r. This means that two
homogeneous spheres of radius r and r 0 have the same
external field, as long as they have the same mass. This
nonuniqueness has been studied in detail and theory
shows that a 3D repartition of density that causes
a gravity anomaly can be split in two additive parts: one
that is harmonic, that is, that satisfies the Laplace equation,
and another that is anharmonic. Only the harmonic
part of the anomalous density can be unambiguously



Gravity Modeling, Theory and Computation, Figure 1 The
Chicxulub structure (diameter 180 km) is widely believed to be
the remnant of the impact that killed the dinosaurs 65millions of
years ago. This structure was identified on a gravity map of the
coast, with no other visible evidence. The impacting asteroid
that formed the crater was at least 10 km in diameter (Image
source: Shuttle radar topography mission, Chicxulub Crater
Gravity Map with Cenotes Shown as White Dots with the
Yucatan Coastline Being the White Line).
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Gravity Modeling, Theory and Computation, Figure 2 Each
one of these underground bodies (gray) creates the same
gravity anomaly. If we suppose that the body is reduced to
a point mass, one can infer from this assumption the maximum
possible depth for the causative body (Image source: Dubois
and Diament, 2005, redrawn).
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reconstructed from the anomalous gravity signal (Moritz,
1989; Vanicek and Kleusberg, 1985; Ballani et al.,
1993). The anharmonic part of the density belongs to the
so-called null-space of the model. In terms of geophysics,
a typical example of nonuniqueness is shown in Figure 2.

Far more useful is to note that the ambiguity in gravity
modeling can be reduced, or even zeroed if we know the
support, in mathematical terms, that is, the spatial exten-
sion, of the density anomaly. For example, if we know
by other means the radius r of the homogeneous sphere
of paragraph one, the density r is automatically fixed,
with g = GM/R2 by M = 4/3 � p � r � r3. Chao (2005)
has extended this reasoning to the modeling of gravity in
terms of spherical harmonics (see Spherical Harmonic
Analysis Applied to Potential Fields). If we consider
a 2D spherical skin covering the Earth, the inverse
solution of the surface density distribution is unique. The
latter applies quite readily in the inversion of time-variable
gravity signals originating from within the crust (such as
those observed by the GRACE/GOCE space missions,
see Gravity Method, Satellite).
Another possibility is to suppose the density known
a priori. In that case, the radius of the sphere of paragraph
one instantly follows. This seems trivial, but it is not. It has
been demonstrated that the gravity field outside a body
can be totally explained by a combination of point masses,
linear masses, and sheet masses that lie deep inside the
body (Zhdanov, 1988). But here also, this result is of little
help for the geophysicist. Moreover, the inverse gravity
problem is unstable: small variations in the data (errors)
can cause unbounded variations in the solution.
Technically, the inverse gravity problem is ill-posed in
Hadamard’s sense (1902, see also Sabatier, 2000 and
Menke, 1989, and Inverse Theory, Global Optimization).

The core fact that permits a useful application of gravity
anomalies in geophysics is that these anomalies, even
contaminated by noise, reflect real structures, that is,
structures that we know have a reasonable density contrast
with the surroundings, and/or exhibit a density that varies
smoothly inside the expected structure – except at the
edges or along faults – and/or are located inside a given
volume, for example, we know from borehole measure-
ments that the iron ore is located between two depths:
one at �1,000 m and the other one at �2,000 m. To have
bounds on the possible densities and/or the locations
reduce tremendously the world of possibilities. In short,
we are then looking for plausible structures.

With such cautions and restrictions, gravity modeling is
a powerful tool if correctly used. The best use of gravity
measurements is to team them up with other measure-
ments with different null-spaces, like magnetic surveys
or even seismic imaging. For example, the velocity of
seismic waves increases with density, and the anomalous
delays of propagation are linked to the anomalous velocity
field (and so to the density through an equation of state) by
an averaging integral along the ray known as the Radon
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transform (Troyan and Hayakawa, 2002). A joint seismic/
gravity inversion is a powerful tool and probably the best
way to remove nonuniqueness (Strykowski, 1998, see also
Seismic Tomography).

But this is hardly done in practice. The driver for field
measurements is cost. A gravity survey, even on remote
areas, is cheap, and often done as a precursor to more
expensive and accurate methods, like seismic tomogra-
phy. Gravity modeling must thus be able to identify
promising structures on its own. The game is tricky, as
the observed gravity is of course affected by noise, but
also by data reductions (see Gravity, Data to Anomalies)
that ensure that the gravity data is corrected for drifts,
referred to some “constant” reference in altitude (usually
the geoid), and is corrected from the gravity signature of
the topography (Bouguer correction, see Gravimeters).
Besides, the gravity signal is by nature nonlocal, and sums
up the signature of distant bodies or interfaces, like the dis-
continuity of the Mohorovic boundary, for example.
These distant signatures must be guessed and withdrawn
from the gravity signal before any local geological inter-
pretation is undertaken (see Gravity Data, Regional –
Residual Separation).

There are two ways to have the job done. One is to use
direct modeling with feedback. Technically, an operator
draws a 2D educated guess of the plausible structure see
(Figure 3) on a tablet or other graphic device, and the
computer program derives the anomalous gravity model
caused by the structure and draws it against the real signal.
The operator then modifies slightly the guessed structure
in order to obtain a better match with the real signal. For
the geophysicist, “anomalous gravity” is synonymous
with “Bouguer anomaly,” that is to say a measurement
of gravity corrected for the variation of altitude and for
the topography-induced variations. Other definitions of
“anomalous gravity” are possible. For example, it is
theoretically possible to work indifferently with geoid
undulations or Bouguer anomalies. In practice, the model-
ing of geoid undulations is reserved for very-large-scale
structures in isostatic equilibrium (see Isostasy), while
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Gravity Modeling, Theory and Computation, Figure 3 The geolo
length perpendicular to the paper sheet and of constant density con
the polygon in order to match (solid curve) the observed gravity (n
Bouguer anomalies are reserved for small- and medium-
scale structures (see Gravity, Data to Anomalies and
Geoid Undulation, Interpretation).

This process can be automated with the program
adjusting step by step the shape of the structure to exactly
match the observed gravity anomaly. With a little bit more
complexity in terms of calculus, 3D modeling can be done
in almost the same manner, with polyhedra replacing
polygons. But there is a huge difference at another level.
A human operator has always trouble to visualize andmod-
ify 3D solid models, even with the assistance of powerful
3D graphic representations, and such a tedious tool is used
with parsimony. Efficient formula that replaces volume
integrals by integrals along vertices have been developed,
from Talwani et al. (1959), to Tsoulis and Petrovi (2001)
to implement polygon/polyhedron calculus.

For 3D modeling, a better approach is to discretize the
volume where we are seeking for the geological structure
in tiny adjacent cells of simple fixed shape (e.g., cubic) but
of unknown densities. It is important to note the difference
with the previous approach: by looking at the densities, we
obtain a mathematically linear problem, in the sense that
the effect of each cell sums up additively in the gravity
model. To the contrary, altering the skeleton of
a polyhedron of constant density (even only a single
corner point) has a nonadditive effect on the computed
gravity. Technically, we are dealing with a nonlinear
model. Nonlinear problems are intrinsically much more
difficult to solve for.
The linear inverse gravimetric problem
Let us focus on the linear gravimetric inverse problem,
illustrated in Figure 4. We have to define how the
discrepancies between measurements and computed
gravity from the model are accounted for. The usual way
is to measure this discrepancy as a Euclidean distance,
by summing up the square of the differences per data point
between measurements and computed gravity and then
taking the square root of the sum. This is called the
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Gravity Modeling, Theory and Computation, Figure 4 The
linear inverse gravimetric problem. The subsurface is divided in
small squares (2D) or small cubes (3D), andwe are looking for the
anomalous densities for each square or cube (Image source:
Blakely, 1996, redrawn).
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L2 norm of discrepancies. Another way is to sum up
the absolute values of the discrepancies. This is called
the L1 norm of discrepancies.

The set of all unknown densities x over the mesh and
the set g of the gravity measurements on the ground are
linked through the matrix relation Ax = g. In the frame of
the L2 norm, to solve for the ill-posed inverse linear gravi-
metric problem can be cast as finding a set u of densities
that verifies at the best this relation, and fulfilling at the
same time another relation of the form Bx = k, where k is
another physical or mathematical quantity. For example
k can be magnetic measurements and B a design matrix
linking densities to magnetic measurements. If we add in
such way “sufficient” physical information, the solution
of this augmented problem becomes unique. Very often,
additional physical information is lacking, and uniqueness
is imposed by setting B = I and k = 0, where I is the identity
matrix. This is equivalent to looking for a set u of densities
that realizes a compromise between Ax = g and x = 0, that
is, an x that explains the gravity signal and is not too large
(i.e., in the neighboring of zero). This is known in the
literature as a Tikonov–Arsenine (1976) regularized
inverse or Marquardt-Levenberg inverse (Levenberg,
1944; Marquardt, 1963). Technically, the solution
depends also on the way that the hidden Euclidean spaces
used to set up the problem are defined. They are not
necessarily orthonormal spaces. The angular separation
of their axes and unit lengths can carry additional informa-
tion about the physical problem (called in the literature as
“a priori weights”). Tarantola (2005) gives a complete
survey of the probabilistic setting for the Tikonov–
Arsenine formula, with the weights seen as the inverses
of a priori covariance matrices. The covariance linked to
I is especially important as it controls to which extent
the density contrasts found are “reasonable.” A density
contrast of 0.2 is sound; a density contrast of 20 is not,
even if the computed gravity matches more closely the
observed signal!

The simplest form of the Tikonov–Arsenine inverse
formula is of the form:

x
ðpÞ ¼ inv transðAÞAþ pIð ÞtransðAÞg
where x*(p) is the solution of the inverse problem (here
densities over the mesh), A is the design matrix defined
above, p is a scalar parameter, I the identity matrix, and
g the set of gravity measurements. In the Tarantola–
Valette approach, p is the ratio between the variance
of the noise error and the “variance” (the size) of the
expected solution wrt zero. The scalar p is the “smooth-
ing” parameter. The geophysicist chooses “by hand” p in
order to have both “reasonable” L2 residuals, defined
as trans(Ax* � g)(Ax* � g), and a reasonable L2 size
(densities) of x, defined as trans(x*)x*.

This solution x* minimizes, with a unique minimum,
the following functional (or cost function) Q(x) with
respect to x:

QðxÞ ¼ trans Ax� gð Þ Ax� gð Þ þ p transðxÞx
Without doubt, the celebrated Tikonov–Arsenine formula

is the workhorse of gravity inversion.

Another approach, also very popular, but
unimplementable for large problems, is to look at the
so-called singular value decomposition of A, a generaliza-
tion of the eigenvalue decomposition of square matrices
(Campbell and Meyer, 1979, see Inverse Theory, Singular
Value Decomposition).

Looking at a solution of the inverse problem in terms of
the L1 norm seems just a little adjustment with respect to
the L2 norm. However, it is a totally different approach.
Let us imagine that we have a set of n gravity measure-
ments and a mesh of m cells, assuming that n is larger
than m. Technically, the problem is overdetermined, with
a matrix Awith far more lines than columns. To solve for
this system in the L1 sense can be casted as solving with
respect to x each subset of m lines of A (each subsystem
is now square with a trivial inverse), and looking at the
solution that gives the best L1 residuals with respect to
the complete matrix A. There are n!/m!/(n�m)! subsys-
tems. For 1,000 measurements and 50 cells, a computer
crushing numbers from the dawn of the universe will have
trouble to handle this inversion. Thankfully, Dantzig and
colleagues (see Branham, 1990) found a way to carry
out the L1 inversion with on-the-shelf computers, called
the simplex algorithm (linear programming, see Inverse
Theory, Linear). This type of inversion of gravity data
has also to be supplemented with a priori (external) con-
straints to obtain a geologically “sound” solution, for
example, by imposing that the inertia moments of the
repartition of densities are minima (Cuer and Bayer,
1980), or by looking at extrema solutions, for example,
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the “ideal” body of Parker (1975, see also Goodacre,
2006), that is, the set of densities characterizing the geo-
logical structure that gives a minimum density contrast
with the surroundings.

The nonlinear inverse gravimetric problem
Let us return to the polygon/polyhedron modeling of grav-
ity anomalies, where we assume that the density of the
body is uniform.

Mathematically, the problem can be cast as g = f (x),
where now x is the set of coordinates of the corner points,
and is nonlinear. We want to find a set of coordinates that
explain “at the best” the gravity signal, that is, g(observed)
– f (x) is kept to a minimum, for example, with respect to
the L2 norm.

We then have to minimize a cost function of the form:

QðxÞ ¼ trans g � f ðxÞð Þ g � f ðxÞð Þ
There is a big difference with the linear case. We can
u(x)

x

H

0

have several well-separated, inherent minima to this func-
tional (Figure 5). There are two ways to solve for this
inverse problem. The first one is to linearize the problem,
that is, to look at a solution close to a known estimate x0,
that is, by writing that x = x0 + dx, with a dx bounded in
some way.

A typical illustration in gravimetry is to look at the
shape of an unknown interface between two strata of dif-
ferent and constant densities see (Figure 6). This is an
extension of the polygonal model where some points are
pushed to infinity and has been discussed by Tarantola
and Valette (1982) in their milestone paper as an extension
of the pioneering work of Cordell and Henderson (1968).
This is often used to refine a model obtained by the mod-
eler from a priori geological evidence, but can be hardly
used without any a priori knowledge of the solution. The
Backus and Gilbert approach (1968), very popular during
the 1970s, can also be seen as a nonlinear problem.

The other approach, more radical, consists in trying to
explore the whole set of possible minima of the nonlinear
cost-functional. A popular mechanism to do so is to mimic
the biological process of evolution. The genetic algorithm
of Holland (1975) can be summarized in four basic steps:
coding, selection, crossover, and mutation.

Common to any genetic algorithm is the digitization of
an a priori and sufficiently populated list of model
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Gravity Modeling, Theory and Computation, Figure 5 (a) The
cost function of the linear inverse problem presents only one
minimum. (b) The cost function of the nonlinear inverse
problem may present several minima, indicating a nonunique
solution (Image source: Dimri, 1992, redrawn).
parameters using a binary code scheme (for example, we
know that the density we are looking for is bounded by
2.5 and 2.8. Assume that the desired resolution
(discretization) is 0.01. Then we can make a one-to-one
correspondence between a binary word of 5 bits (a “chro-
mosome”) and this discretization. A subset of models is
then selected from the model population by using some
global fitness criterion, for example, the ratio of each
model fitness (evaluated in the L2 sense with respect to
the observed gravity and using the one-to-one correspon-
dence) to the sum of all fitnesses for all the models. We
then take the models the ratio of which is over a given
threshold. For example, for a population of L models,
we choose a subset of L/2 of “best fit” models. We then
mate the L/2 models by pairs, each pair bearing two off-
springs by recombination of their chromosomes by pro-
cesses called crossover and mutation that mimic the
meiosis of real chromosomes, giving birth to a complete
new generation of Lmodels that replaces the old one. Gen-
erally, the average fitness increases between generations,
since only the best models from each generation are
selected for breeding. Other algorithms exist to locate
the “best” minimum, like the tunneling algorithm (Levy
and Montalvo, 1985) or the particle swarm optimization
(Monteiro Santos, 2010). See also in this Encyclopedia
Inverse Theory, Artificial Neural Networks and Inverse
Theory, Monte Carlo Method.

Spectral approaches
Spectral approaches rely on the expression of the gravity
along a basis of given functions: very often a Fourier
decomposition in the planar case or spherical harmonics
on a global basis. New basis are gaining a wide accep-
tance, like wavelets, that are like “sine” or “cosine” waves
but with a limited spatial support (Chui, 1992). Large
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Gravity Modeling, Theory and Computation,
Figure 6 Modeling an interface between two homogeneous
separate strata. The problem is a special case of the polygon/
polyhedron inverse problem (Image source: Tarantola and
Valette, 1982, redrawn).
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classes of inverse gravimetric problems can then be recast
as deconvolution problems (Dimri, 1992), with all the
artillery available from Fourier analysis (Dean, 1958;
Blakely, 1996). Nevertheless, this approach suffers from
all the drawbacks of the Fourier analysis, especially the
need to smooth the discontinuities of the gravity signal
at the edges of the zone of interest (this is of course not
the case for spherical harmonics). Such approaches have
been used in planetary geophysics to estimate the global
and local average depth of the Moho interface on Mars
(Zuber et al., 2000) from models of the gravity field and
of the topography of the planets in spherical harmonics,
without any other surface or subsurface information.

Summary
Gravity modeling is a cheap tool in geophysical
prospecting. It can also be a very potent tool if used with
some precautions. This always implies the introduction,
both in forward and inverse modeling, of some a priori
knowledge of the shape of structures that are guessed, or
some bounds about their dimensions or about acceptable
density contrasts.
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GRAVITY, DATA TO ANOMALIES*
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Definition
Gravity anomaly. The difference between gravity mea-
sured at a point and a model value at that point that is
based on the normal gravity of a reference ellipsoid,
corrected for the gravity effects of elevation above the ref-
erence ellipsoid and the mass of rock between the point
and the reference ellipsoid.

Introduction
The study of anomalous gravity has its roots in geodesy
where it is used to determine the shape of the Earth (see
Geodesy, Physical and Geodesy, Figure of the Earth).
Gravity anomalies have also proved extremely useful in
the interpretation of subsurface geological structure at var-
ious scales. Like many geophysical techniques, resource
exploration has been the greatest driver of the use of grav-
ity data (e.g., Nabighian et al., 2005). Gravity anomalies
are often useful in the early stages of an exploration pro-
gram as they provide insight into the form of low-density
sediment accumulations (basins) or the location of high-
density ore deposits. At larger scales, gravity anomalies
provide insight into crustal structure and, most recently,
time variations in the long-wavelength gravity field mea-
sured using satellites (see Gravity Method, Satellite) pro-
vide insight into changes in polar ice mass and
groundwater fluctuations.

Before gravity data are useful in resource exploration or
crustal studies, non-geological contributions to the gravity
field that obscure the anomalies of interest need to be
accounted for and effectively removed. This chapter
explains the process of converting gravity measurements
*© Commonwealth of Australia
to gravity anomalies for geophysical applications. It is
important to stress the geophysical context as there are
often subtle differences in the way geodesists and geo-
physicists think of and use the various gravity-related
quantities (cf. Li and Götze, 2001; Hackney and
Featherstone, 2003; Hofmann-Wellenhof and Moritz,
2006).

Key parameters
Figure 1 shows the key parameters required for computing
anomalous gravity. The relevant gravity quantities for
geophysical applications are:

 Gravity measured at the point P, gP
 Normal gravity on the surface of the reference ellipsoid, g
 A model or predicted gravity value at the measurement

point P, gP, derived from g

The elevation of the point P is also required to account
for the decrease in gravity with increasing elevation and
the gravity effect of the mass of rock between the measure-
ment point and the reference ellipsoid. Two height quanti-
ties need to be considered (Figure 1). The height of the
point P above the geoid, H, is measured along a plumb
line, a curved line that is perpendicular to equipotential
surfaces (the geoid is the equipotential surface that most
closely approximates mean sea level – seeGeoid Determi-
nation, Theory and Principles). The ellipsoidal height, h,
key parameters required for computing geophysical gravity
anomalies.



GRAVITY, DATA TO ANOMALIES 525
is measured along an ellipsoidal normal, the line through P
that is perpendicular to the surface of the reference ellip-
soid. When computed algebraically (i.e., disregarding
the vector nature of gravity), the difference between h
and H gives the geoid–ellipsoid separation, N, where

N ¼ h� H : (1)
Observed gravity
Themeasured value of gravity at a point P is the value typ-
ically determined from relative gravity measurements that
are converted to an observed value by tying to an interna-
tional network of reference gravity stations, currently the
International Gravity Standardization Network of 1971
(IGSN71: Morelli et al., 1974). Country-specific datums
may also be used (e.g., Tracey et al., 2007), but these are
also generally tied to IGSN71. The relative measurements
may be made on land or at sea (see Gravity Method, Sur-
face) or even in the air (see Gravity Method, Airborne).
The relative measurements will have been corrected for
instrument drift and Earth tide variations (see Gravity
Method, Surface).

Anomalous gravity in geophysics
An anomaly is the difference between something that we
measure at a particular place and what we expect from
a reference model at that place. In seismology, measured
travel times are compared to those expected from simpli-
fied models of the whole Earth (see Seismic Tomography).
The resulting travel-time anomalies tell us about regions
through which seismic waves travel faster or slower than
through the simplified representation of reality. This in
turn tells us something about the temperature or composi-
tion of the Earth’s interior. In geophysical applications,
gravity anomalies are best thought of in a similar way:
Measurements of the gravity field at the Earth’s surface
are compared to the gravity expected from a reference
model of the Earth. The differences in gravity between
our measurements and the reference model tell us some-
thing about lateral mass-density variations within the
Earth.

In this context, a geophysicist generally seeks to remove
large-scale, non-geological gravity effects that mask the
gravity anomalies that can be related to subsurface density
variations (e.g., related to ore deposits, sedimentary basins,
or crustal structure). The large-scale effects include Earth
mass and rotation and, depending on the application,
maybe some or all of the crust and mantle. Most of the
large-scale effect is accounted for by normal gravity,
the acceleration due to gravity on the surface of
a reference ellipsoid, an ellipsoid of rotation that best fits
the shape of the Earth (represented by the geoid – see
Geodesy, Figure of the Earth).

If a model value is required at a point that does not lie
on the surface of the reference ellipsoid, adjustments must
be made to normal gravity to account for gravity effects
related to (a) the difference in height between the
measurement point and the surface of the reference ellip-
soid (because gravity decreases with distance from the
Earth proportionally to 1 r2

�
) and (b) the body of rock

(or water) lying between the measurement point and the
reference ellipsoid. Other regional-scale gravity effects
that arise from crustal structure might also be removed
by a process of regional–residual field separation
(seeGravity Data, Regional – Residual Separation) or fil-
tering (see Gravity Data, Advanced Processing).

In the geophysical context, anomalous gravity is calcu-
lated by subtracting a predicted or model gravity value for
a pointP from themeasured (observed) gravity at that point.
This anomalous gravity quantity is technically referred to as
a gravity disturbance (cf. Hackney and Featherstone, 2003),
but the use of gravity “anomaly” is and will likely remain
entrenched in the geophysical vernacular. In a geophysical
sense, a gravity anomaly can be expressed as

Gravityanomaly¼ Measured valueð Þ� Model valueð Þ;
or mathematically as:

DgP ¼ gP � gP (2)

where

 DgP is the anomalous gravity
 gP is measured gravity at the point P
 gP is a predicted or model value of gravity at the mea-

surement point P (our best estimate of the Earth’s grav-
ity field at P that considers Earth’s mass and rotation
and the elevation, h, of the point P with respect to the
reference ellipsoid)

As illustrated in Figure 2, the predicted gravity value,
gP, is computed by applying corrections to normal gravity
that account for the height of the measurement point above
the reference ellipsoid (free-air correction) and the mass of
rock that lies between the measurement point and the ref-
erence ellipsoid (Bouguer and terrain corrections). Mathe-
matically, the computation of gP can be expressed as:

gP ¼ g� dgF þ dgB � dgT (3)

where

 g is normal gravity on the reference ellipsoid
 dgF is the free-air correction
 dgB the Bouguer correction
 dgT the terrain correction

The application of these corrections is described in the
following section.

Computing model gravity at the measurement
point
A note on units
The standard SI unit of acceleration due to gravity is m�s�2.
However, because gravity anomalies are generally about
3–7 orders of magnitude smaller than total gravity
acceleration, the use of derivative units is more practical.
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Historically, the mGal was the standard derivative unit
(1 mGal = 10�5 m�s�2). The mGal is still in common use,
but gravity anomalies and related quantities are often also
given in mm�s�2 (10�6 m�s�2). In this description of the
anomaly computation procedure, physical constants are
given in standard SI units. This means that unless otherwise
stated, the equations presented give quantities in m�s�2.
Normal gravity (Figure 2b)
Normal gravity, g, represents the gravity effect of
a reference ellipsoid whose geometry is defined to best
represent the shape of the Earth. Because an ellipsoid is
a mathematically defined body, computing its gravity
effect is straightforward. A closed-form expression for
computing normal gravity on the surface of a geocentric
reference ellipsoid is given by the Somigliana–Pizetti for-
mula (e.g., Hofmann-Wellenhof and Moritz, 2006; see
also International Gravity Formula):

g ¼ ga
1þ ksin2fffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1� e2sin2f

p ; (4)
where ga is normal gravity at the equator of the reference
ellipsoid, f is the geocentric latitude of the measurement
point, and k and e2 are quantities derived from the parame-
ters describing the form of the reference ellipsoid (Table 1).

Equation 4 is exact and has now been adopted in many
countries as a standard when computing gravity anomalies
for geophysical applications (e.g., Hinze et al., 2005;
Tracey et al., 2007). In the past, simpler expressions were
used for computing normal gravity (cf. Li and Götze,
2001). These approximate formulae were used largely
for computational convenience, but given the measure-
ment accuracy achievable today, their continued use is
difficult to justify.

Free-air correction (Figure 2c)
Equation 4 gives normal gravity on the surface of the ref-
erence ellipsoid. However, the measurement point P is
almost never located exactly on the surface of the refer-
ence ellipsoid. This means that the model value at
a measurement point above the reference ellipsoid will
be less than g. The decrease in gravity above the reference
ellipsoid is accounted for by the free-air correction. This



Gravity, Data to Anomalies, Table 1 Parameters defining the GRS80 geocentric reference ellipsoid (Moritz, 2000), the reference
ellipsoid currently recommended by the International Union of Geodesy and Geophysics as representing the size, shape, and
gravity field of the Earth with an accuracy sufficient for most geodetic, geophysical, astronomical, and hydrographic applications.
Note that the parameters a, GM, J2, and o are exact defining parameters – the other parameters are derived geometric and physical
constants

Parameter Name Equation GRS80 value

a Semi-major axis (equatorial radius) 6,378,137 m
GM Geocentric gravitational constant 3,986,005 � 108 m3�s�2

J2 Dynamic form factor 108,263 � 10�8

o Angular velocity 7,292,115 � 10�11 rad�s�1

b Semi-minor axis (polar radius) 6,356,752.3141 m
ga Equatorial normal gravity 9.780 326 7715 m�s�2

gb Polar normal gravity 9.832 186 3685 m�s�2

k Normal gravity constant bgb aga=ð Þ � 1 0.001 931 851 353
e2 First numerical eccentricity a2 � b2ð Þ a2

�
0.006 694 380 022 90

f Ellipsoidal flattening a� bð Þ a= 0.003 352 810 681 18
m Geodetic parameter o2a2b GM= 0.003 449 786 003 08
RE Arithmetic mean Earth radius 2aþ bð Þ 3= 6,371,008.7714 m
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correction essentially uses the rate of change in gravity
above the surface of the Earth to correct for the decrease
in gravity with elevation.

Historically, the value of the free-air correction was
approximated as 0.3086 � 10�5 m�s�2/m (i.e., 0.3086
mGal/m), the gravity gradient above a spherical Earth.
A more rigorous expression for the free-air correction,
dgF, can be derived from the gradient of normal gravity
above the surface of the reference ellipsoid. Normal grav-
ity at a height h above the ellipsoid can be computed
directly from (Hofmann-Wellenhof and Moritz, 2006):

gh ¼ g 1� 2
a

1þ f þ m� 2f sin2f
� 	

hþ 3
a2

h2
� �

; (5)

or the magnitude of the free-air correction, dgF, to be
subtracted from g can be computed using

dgF ¼ 2ga
a

1þ f þ mþ �3f þ 5

2
m


 �
sin2f


 �
h� 3ga

a2
h2:

(6)

The parameters f (ellipsoidal flattening) and m (geo-

detic parameter) are defined in Table 1.
Bouguer correction (Figure 2d)
Once normal gravity is corrected for the vertical separa-
tion between the reference ellipsoid and the measurement
point, a further adjustment needs to be made for the body
of rock between that point and the reference ellipsoid. The
gravity effect of this rock is not represented in normal
gravity and is not accounted for by the free-air correction.
This correction, the Bouguer correction, dgB, was histori-
cally computed by representing the body of rock between
the measurement point and surface of the reference
ellipsoid as a horizontal slab extending to infinity. The
infinite-slab Bouguer correction is given by:

dgB ¼ 2pGrt (7)

where r is the assumed density of the slab, t is the thick-
ness of the slab, and G is the universal gravitational con-
stant (6.67428 � 10�11 m3�kg�1�s�2, the 2006 value
recommended by the Committee on Data for Science and
Technology, International Council of Science). In most
cases, the slab thickness is equivalent to the height of the
measurement point above the reference ellipsoid, h. The
density of the slab generally takes on a standardized value
of 2,670 kg�m�3, a value that closely represents the average
density of crustal rocks (Hinze, 2003). In some cases,
a density that is more representative of local geology may
be used to minimize the correlation between the Bouguer
anomaly and topography. However, using standardized
values facilitates the comparison of different datasets and
avoids incorporating geological interpretation into the
anomaly computation procedure (LaFehr, 1991a).

More sophisticated representations of the rock mass
below the measurement point take into account the curva-
ture of the Earth’s surface. A commonly used representa-
tion is the spherical cap, the gravity effect of which is
given by (LaFehr, 1991b):

dgcapB ¼ 2pGr mt � l RE þ tð Þ½ 	 (8)

where RE is the mean radius of the reference ellipsoid
(Table 1), t the thickness of the cap (generally equivalent
to the height of the measurement point above the reference
ellipsoid, h), and m and l are dimensionless coefficients
related to RE and the angle subtended by the spherical
cap at the center of the Earth. The spherical cap is gener-
ally taken to extend to a distance of 166.735 km from
the measurement point, the distance originally selected
by Bullard (1936) to minimize the difference between
the gravity effect of the spherical cap and the infinite slab
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for a range of elevations (cf. LaFehr, 1991b). Equation 8 is
valid for surveys made on land, but Argast et al. (2009)
present an extended form of the equation that is valid for
gravity measurements made in the air and at sea.

Terrain correction (Figure 2e)
Regardless of whether the Bouguer correction is com-
puted from an infinite slab or from a spherical cap, it is
computed for a body with a flat or curved top that does
not match topography. Topographic variations can have
a significant influence on measured gravity, particularly
in areas of high relief (e.g., mountain ranges or near the
continental slope). For this reason, it is often beneficial
to compute a terrain correction that effectively imparts an
irregular surface onto the top of the Bouguer plate or cap.

Various methods exist for computing the terrain correc-
tion (cf. Nowell, 1999; Hackney and Featherstone, 2003),
but the methods generally involve dividing the region
around the measurement point into a series of rectangular
prisms or concentric ring segments. A digital elevation
model is then used to determine the average elevation for
each prism relative to the height of the measurement point.
Accuracy can be improved by using prisms with sloping
tops. The size of the prisms is generally increased away
from the measurement point as the influence of distant
prisms is less than for nearer prisms. To further simplify
computations, some methods approximate the more dis-
tant prisms as a line mass and fast-Fourier transform tech-
niques have also been developed.

Often the different methods for computing terrain cor-
rections are combined. For example, Hinze et al. (2005)
describe the procedure adopted for the North American
gravity database that uses segmented rings and estimated
topography within 100 m of the measurements point, seg-
mented rings and high-resolution digital elevation data
from 100 to 895 m, and vertical prisms and digital eleva-
tion data from 895 m to 166.7 km (including corrections
for Earth curvature beyond 14 km).

Historically, the most commonly used terrain correction
procedure was based on computing the gravity effect of
a number of concentric rings divided into individual seg-
ments (Hammer, 1939). The gravity effect of each prism
can be computed from:

dgprism ¼ 2pG
r
n

r2� r1þ
ffiffiffiffiffiffiffiffiffiffiffiffiffi
r21 þ z2

q
�

ffiffiffiffiffiffiffiffiffiffiffiffiffi
r22 þ z2

q
 �
(9)

where n is the number of prism segments in each concen-
tric ring (zone), r2 is the outer radius of the concentric ring,
r1 the inner radius, and z is the elevation difference
between the measurement point and the mean elevation
of the ring segment. The other parameters are the same
as in Equations 6 and 7. The density, r, used in Equation 9
should be the same as that used for the Bouguer
correction.

The Hammer (1939) formulation includes concentric
rings out to a distance of 22 km, but ideally terrain correc-
tions should be computed out to 166.735 km (�1.5�), the
full radius of the standard spherical cap. When terrain cor-
rections are computed to this distance, Earth curvature
must also be considered. However, the influence of terrain
corrections beyond about 10–20 km from the station is
often insignificant and sometimes ignored.
Anomaly computation
Once the free-air, Bouguer, and terrain corrections are
applied to normal gravity, the gravity anomaly at the point
P can be computed from Equations 2 and 3, i.e.,

Dg ¼ gP � gP
¼ gP � g� dgF þ dgB � dgTð Þ
¼ gP � gh þ dgB � dgTð Þ

(10)

In Equation 10, the term in brackets represents the

predicted or model value of gravity at the measurement
point. The free-air correction is subtracted because normal
gravity is reduced above the surface of the ellipsoid
(Figure 2c), while the Bouguer correction is added
because the extra gravity effect related to the body of rock
between P and the reference ellipsoid is not included in g
(Figure 2d). The terrain correction must be subtracted
from g (Figure 2e) to remove the effect of the non-existent
slab/cap mass assumed to fill valleys and to reduce the
model valley of gravity for topography higher than the
measurement point (mass above the measurement point
reduces gravity).

Once the model value of gravity is subtracted from the
measured value of gravity at P, the remaining quantity is
the anomalous component of the gravity field that cannot
be explained by large-scale gravity effects related to the
Earth’s shape and rotation, changes in gravity with eleva-
tion, and the bulk influence of rock below the measure-
ment point. The resulting anomalous gravity reflects
subsurface density variations and can be interpreted geo-
logically (see Gravity Anomalies, Interpretation; Gravity
Modeling, Theory and Computation).
Other factors
Atmospheric correction
The parameters that define the GRS80 reference ellipsoid
(Table 1) rely on satellite-based measurements, meaning
that normal gravity includes the mass of the atmosphere.
The application of a correction to normal gravity for the
atmospheric mass is usually insignificant in comparison
to errors associated with terrain corrections, meaning that
its application is not essential for many geophysical appli-
cations (e.g., Featherstone and Dentith, 1997). Neverthe-
less, the application of an atmospheric correction is
included in new standards for gravity anomaly computa-
tion (e.g., Hinze et al., 2005; Tracey et al., 2007). If it is
to be applied, the value to be subtracted from normal grav-
ity can be computed using (Wenzel, 1985)

dgA ¼ 0:874� 9:9� 10�5hþ 3:56� 10�9h2: (11)
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This equation has an accuracy of about 0.01 � 10�5
m�s�2 to 10 km elevation.

Further isolating anomalies of interest
The Bouguer anomaly computed using Equation 10 is
dominated by the gravity effect of crustal-thickness varia-
tions that more-or-less isostatically compensate for topog-
raphy (thick crust under mountains, thin crust under ocean
basins – see Isostasy). While the Bouguer anomaly is use-
ful for constraining crustal-scale studies, the gravity effect
of smaller-scale density variations within the upper crust
(e.g., ore deposits or sedimentary basins) is often obscured
by the long-wavelength gravity signature related to
crustal-thickness variations.

The long-wavelength component of the Bouguer anom-
aly can be removed using regional–residual field separa-
tion techniques (see Gravity Data, Regional – Residual
Separation). Alternatively, some form of isostatic com-
pensation can be assumed (see Isostasy) and the gravity
effect of the Moho that compensates for topography can
be computed and subsequently subtracted.

Distant relief
Computation of the Bouguer correction and associated ter-
rain corrections are generally made out to a standard dis-
tance of 166.735 km. In certain circumstances, the
gravity effect of topography beyond this distance can be
significant (e.g., surveys in areas of high topography and
continental- and global-scale studies: LaFehr, 1991a;
Mikuška et al., 2006). Users of gravity data should be
aware of these distant relief effects and consider them if
necessary.

Efforts to include the effects of whole-Earth topogra-
phy are emerging. For example, Kuhn et al. (2009) present
a grid of terrain corrections for the Australian continent
that considers topography globally and Tenzer et al.
(2009) computed gravity anomalies for the entire Earth
that incorporate corrections for global topography.

The geophysical “indirect effect”
The formulation for anomalous gravity described here
(Equation 2) is the most logical way in which to think of
gravity anomalies for geophysical applications. However,
the process of anomaly computation is often described as
a reduction of gP to the sea level datum.While this process
is useful in geodesy, it is not strictly correct in geophysical
applications (Hackney and Featherstone, 2003).

The misconception that gravity anomaly computation
for geophysical purposes involves reducing gravity mea-
surements to the geoid (or sea level) is partly related to
the measurement of elevation. Before the advent of GPS
(seeGPS, Data Acquisition and Analysis), elevations were
normally determined by leveling over long traverses from
reference tide gauges at the coastline (see Geodesy,
Ground Positioning and Leveling). Leveling thus pro-
vided heights relative to sea level, or the geoid. However,
normal gravity is derived from a mathematically defined
body, the reference ellipsoid, which does not coincide
exactly with the geoid.

The reference ellipsoid is generally chosen to best fit the
geoid either regionally or globally, but the ellipsoid never
perfectly matches the geoid. This means that if heights rel-
ative to sea level are used to compute anomalous gravity,
then the corrections applied will either be an under- or
over-correction, depending on whether the ellipsoid is
above or below the geoid (Figure 3). The magnitude of this
under- or overcorrection is referred to as the geophysical
indirect effect (e.g., Hackney and Featherstone, 2003).
Globally, the geoid–ellipsoid separation is about �100
m at most, meaning that the geophysical indirect
effect varies by about �30 � 10�5 m�s�2. This variation
can induce long-wavelength errors in gravity data, espe-
cially in areas of high geoid gradient. Formore regional sur-
veys, the effect is generally minor and, in many cases,
essentially constant. For regional surveys, the geophysical
indirect effect is a bias that will often be accounted for dur-
ing regional–residual field separation.

With the advent of GPS, elevations tied directly to the
WGS84 ellipsoid became readily available. Because the
differences in the dimensions of the WGS84 and GRS80
ellipsoids are minor, anomalous gravity can be computed
directly from the heights measured by GPS. However,
care is required in order to ensure that consistent heights
are used for both older and newer datasets. Updated proce-
dures adopted in some countries recognize the need to use
heights tied to the reference ellipsoid (e.g., Hinze et al.,
2005; Tracey et al., 2007).

Gravity anomalies for geodetic purposes
This entry focuses on the geophysical approach to compu-
tation of gravity anomalies, but it is worth outlining the
ways in which gravity anomalies are computed for geo-
detic purposes. In geodesy (see Geodesy, Physical and
Geoid, Computational Method), gravity anomalies are
used to determine the shape of the Earth using either
a “classical” or “modern” approach (e.g., Hofmann-
Wellenhof and Moritz, 2006). In the classical approach,
the geoid is determined using gravity anomalies computed
from the difference between surface gravity measure-
ments reduced (downward) to the geoid and normal grav-
ity on the reference ellipsoid. The modern approach leads
to the computation of a surface referred to as the telluroid
and requires gravity anomalies computed from the differ-
ence between surface gravity and normal gravity corrected
(upward) to the telluroid. The separation between the
telluroid and the surface (the “height anomaly”) can then
be used to determine a geoid-proxy referred to as the
quasigeoid.

Computation example: the Central Andes
The Central Andes in South America are an ideal region to
illustrate the process of computing anomalous gravity for
geophysical purposes. This is because the high topogra-
phy and associated thick crust lead to large corrections
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and high-amplitude gravity anomalies. Observed gravity
and the different types of corrections, model values, and
anomalies for the Central Andes are illustrated in Figure 4.
The gridded data shown in Figure 4 are based on a dataset
that contains more than 4,000 surface gravity measure-
ments (Schmidt and Götze, 2006) (Figure 4a). Figure 4b
shows the observed (measured) values of gravity, gP,
that are tied to reference stations linked to the IGSN71
gravity datum. Observed gravity values are large
(9.773–9.796 m�s�2) and the highest parts of the Central
Andes are associated with the lowest measured gravity.
This is due mostly to the pronounced decrease in gravity
with elevation, but the mass deficit associated with the
thick, low density crust (with respect to the underlying
mantle) also contributes to the decreased gravity in the
mountainous areas.

Normal gravity on the GRS80 reference ellipsoid
(Equation 4 and Figure 4c) shows a north-to-south increas-
ing trend that reflects the pole-ward increase in gravity
related to the shape and rotation of the reference ellipsoid.
To derive a model value directly at each of the data points
shown in Figure 4a, free-air (Equation 6) and Bouguer
(Equation 7 or 8) corrections are applied to normal gravity.
The magnitude of the free-air correction, dgF, is shown in
Figure 4d – the correction is largest where topography is
highest. The free-air correction is subtracted from normal
gravity to account for the decrease in normal gravity with
elevation above the reference ellipsoid. The free-air anom-
aly results when the height-corrected normal gravity is
subtracted from observed gravity (Figure 4g). Compared
to observed gravity, the amplitude range of the free-air
anomaly is significantly reduced (�300 � 10�5 m�s�2).
A map of free-air anomalies (Figure 4g) is difficult to
interpret geologically because it retains a strong correla-
tion with topography. This correlation is modified when
the gravity effect of the rock between the surface and
the reference ellipsoid is accounted for using the
Bouguer correction (Figure 4e). The Bouguer correction
is added to normal gravity (because normal gravity does
not include the gravity effect of the rocks) and, together
with the addition of the free-air correction, results in
a model value, gP, that resembles the observed gravity
(Figure 4f). When this model value is subtracted from
the observed gravity, the Bouguer anomaly results
(Figure 4h). The Bouguer anomaly of the Central Andes
is large and negative (minimum values reach about
�450� 10�5 m�s�2), which reflects the thick crustal root
beneath the Central Andes.

An isostatic residual gravity map is shown for the Cen-
tral Andes in Figure 4i. The regional field (inset between
Figure 4h, i) is computed by assuming regional isostatic
compensation of topography using an effective elastic
thickness of 20 km (see Isostasy). Crustal thickness is
computed for this model and then the gravity effect of
the isostatic Moho is estimated and subtracted from the
Bouguer anomaly. The Central Andean isostatic residual
field has a vastly reduced amplitude (�150 to + 60 �
10�5 m�s�2) and bears a closer resemblance to surface
geology, particularly the location of active volcanoes.
The coincidence between active volcanoes and negative
isostatic residual anomalies suggests the presence of
low-density material within the crust or that the assump-
tion of regional isostatic compensation is not applicable
to the volcanic chain.
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Summary
From a geophysical perspective, a gravity anomaly is best
thought of as the difference between measured gravity and
a model value, at the same point, that accounts for large-
scale, non-geological effects that mask anomalies related
to subsurface geology. The model gravity value is derived
by correcting normal gravity for the effects of height
above the reference ellipsoid (free-air correction) and the
mass of rock between the reference ellipsoid and the mea-
surement point (Bouguer correction). Additional correc-
tions (terrain and atmospheric corrections, indirect
effect) improve on the relatively straightforward free-air
and Bouguer corrections. Since the earliest use of gravity
data, our ability to compute the corrections to normal
gravity has improved to the point where simplistic appli-
cation of the corrections is giving way to procedures that
consider global influences.

Depending on the application, long-wavelength field
components remaining in the Bouguer anomaly may also
be removed (isostatic correction or regional–residual field
separation). Gravity anomalies can then be used to con-
strain geological interpretations of relatively shallow
crustal features (e.g., basins, ore bodies, or even
archeological sites), or be used to examine crustal struc-
ture and isostatic state.
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Synonyms
Geopotential models; Global gravitational models; Poten-
tial coefficient models
Definition
A Global Gravitational Model (GGM) is a mathematical
approximation to the external gravitational potential of
an attracting body.
Gravitation is the term used to describe the potential gen-
erated by the masses of an attracting body like the Earth.
Gravity is the term used for the potential of gravitation
plus the centrifugal potential due to the rotation of the
attracting body.
Global gravitational models
Introduction
A GGM is a mathematical approximation to the external
gravitational potential of an attracting body. We will focus
here on the case where the attracting body is the Earth,
although many of the concepts that we discuss apply
equally well to other planets and celestial bodies. In its
most complete and general form, a GGM consists of
a set of numerical values for certain parameters, the statis-
tics of the errors associated with these values (as
described, e.g., by their error variance-covariance matrix),
and a collection of mathematical expressions and algo-
rithms that allow a user to perform:

1. Synthesis, that is, computation of the numerical values
of quantities related to the gravitational potential
( functionals of the gravitational field), given the posi-
tion of the evaluation point.

2. Error Propagation, that is, computation of the
expected errors of the computed functionals, as implied
by the propagation of the errors of the parameters
defining the GGM.
*© US Government
A GGM must be able to support such computations at
arbitrary points, located on or above the Earth’s surface,
in a fashion that is both rigorous and efficient. In addition,
a GGM should fulfill certain conditions stemming from
the underlying physics. Namely, it should represent
a scalar function of position that is harmonic outside the
attracting masses and vanishes at infinity as the reciprocal
of the distance between attracted point and attracting mass
element. Moreover, the GGM should permit the computa-
tion of any functional of the field in a way that guarantees
self-consistency. This means that the model should pre-
serve the relationships (differential or integral) between
the various functionals. A GGM has numerous uses, both
operational and scientific (see also [Tscherning, 1983]),
including:

1. Orbit determination applications necessary for space
surveillance (the detection, tracking, and orbit predic-
tion of Earth-orbiting objects).

2. Inertial navigation applications for trajectory determi-
nation of airplanes and missiles.

3. Geoid determination. The geoid is one of the infinitely
many level (or equipotential) surfaces of the gravity
field of the Earth, that is, the gravity potential is con-
stant at every point on the geoid. The geoid is the spe-
cific equipotential surface that would coincide exactly
with the mean ocean surface of the Earth, if the oceans
were in equilibrium, at rest, and extended through the
continents (such as with very narrow canals). Figure 1
shows the geoid surface that is implied by the
EGM2008 GGM (Pavlis et al., 2008). Geoid determi-
nation allows one to transform a geometric (ellipsoidal)
height to an orthometric one, that is, to an elevation
referenced to an equipotential surface, as those eleva-
tions that appear on topographic maps. This applica-
tion has attracted great interest in recent years,
because GPS positioning and geoid determination
offer the possibility of determining orthometric heights
and height differences without the need for the expen-
sive and laborious spirit leveling (Schwarz et al.,
1987).

4. Oceanographic applications that require the estimation
of the Dynamic Ocean Topography (DOT), an estimate
of which is shown in Figure 2, and of its slopes. These
quantities are directly related to ocean circulation. This
application puts very stringent accuracy and resolution
requirements on GGMs (Ganachaud et al., 1997).

5. An accurate and high-resolution GGM may be used to
provide a reference surface – a global, high-resolution
geoid surface – suitable for the realization of a global
vertical datum (Rapp and Balasubramania, 1992).

6. Geophysical prospecting applications where, in combi-
nation with other information (e.g., seismic data), a
GGM may provide important constraints that aid the
determination of the subsurface density distribution.

7. Comparisons of the decay of the spectrum of the grav-
itational potential to the decay of the spectrum of the
Earth’s topography (Rapp, 1989).
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These and other applications represent integral parts of
various civilian and military activities. Each of these
applications has (in general) different accuracy and resolu-
tion requirements, as far as the supporting GGM is
concerned. For example, due to the attenuation of the
gravitational field with increasing altitude, a relatively
low-resolution GGM (e.g., a Spherical Harmonic Analy-
sis Applied to Potential Fields to maximum degree and
order 70 or 90) is currently adequate for the precise orbit
determination of most Earth-orbiting satellites. In con-
trast, accurate determination of the slopes of the equipo-
tential surface (deflections of the vertical) demands
a GGM of much higher resolution.

Geodesists have at various times developed “special
purpose” GGMs that optimize performance for
a particular application (e.g., orbit determination of
a particular satellite, or geoid undulation computation over
a specific geographic region). Although such “tailored”
models have found some uses in the past, the ultimate goal
has always been the development of a single, general pur-
pose, GGM that addresses the different and diverse appli-
cations in an optimal manner, without over-performing in
one application at the expense of its performance in others.

The development of a high-resolution GGM is a task
that involves the optimal combination of a variety of data
(satellite, land, marine, airborne). This is because a single
data type with both global coverage and with uniformly
high accuracy and high spectral sensitivity does not (yet)
exist. The aforementioned data are of complementary
character (in terms of spectral sensitivity and/or of geo-
graphic coverage), so that their optimal combination
enables a GGM to satisfy the variety of applications
described before. Comprehensive GGM solutions that
combine different types of data may involve the simulta-
neous estimation of the parameters that describe the grav-
itational potential, along with parameters that describe the
dynamic ocean topography, solid Earth and ocean tides,
Earth orientation and tracking station position parameters,
as well as a plethora of “nuisance” parameters necessary to
model completely the content of certain data types (e.g.,
biases and delays associated with certain satellite tracking
data). The result of a successful GGM development effort
is a model that can be used as a standard for numerous
applications, over a substantial period of time.
Local and regional gravimetric models
The accuracy and the resolving power of the data that were
used in its development dictate the accuracy and resolu-
tion of a GGM. Geopolitical and/or proprietary data issues
many times prevent the individual or the team developing
a GGM from having access to all the existing data.
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However, over some regions, data of higher accuracy and/
or resolving power (e.g., geographically dense sets of
gravity and elevation data) may be available to some indi-
vidual(s) or may become available after a GGM has been
developed. These data may be used in combination with
the existing GGM to improve the accuracy and/or resolu-
tion of the determination of one or more specific func-
tionals of the field, over the region where the detailed
data became available. This local or regional “densifica-
tion” can produce a specific local or regional gravimetric
product or model.

Such densification has been among the favorite geo-
detic activities over many decades now, and represents
the geodesist’s way of creating a multi-resolution gravita-
tional model resembling a “quilt.” In effect, patches of fine
detail (the Local Gravimetric Models – LGMs) are sewn
on top of a more or less homogeneous piece of fabric
(the reference GGM). The GGM is the foundation upon
which any regional or local gravimetric approximation
study and application is built. Geodesists do not necessar-
ily have to reevaluate the reference GGM every time a new
set of data becomes available locally. Such reevaluation is
mostly warranted if new and improved satellite data
become available, spanning a sufficiently long time
period, and/or if new terrestrial data (of higher accuracy
and/or resolution) become available over areas with sub-
stantial geographic extent.
Signal representation and data characteristics
Although geodesists have variously considered and stud-
ied the representation of the gravitational potential using
point masses (Sünkel, 1981, 1983), finite elementmethods
(Meissl, 1981; Baker, 1988), and splines (Sünkel, 1984;
Jekeli, 2005), these approaches have seen only limited
application in the representation of (especially) the “static”
(i.e., the time-averaged) gravitational field of the Earth.
Spherical harmonic functions have prevailed as the stan-
dard form used for the representation of the gravitational
potential globally, from the very early days of global deter-
minations to the present. Indeed, the set of coefficients of
a Spherical Harmonic Analysis Applied to Potential
Fields of the gravitational potential has become pretty
much synonymous with a GGM.

Nerem, Jekeli, and Kaula (1995) provide a review of
the gravity field determination process, including
a review of global-scale modeling. Bouman (1997) pro-
vides a comprehensive “survey” of global gravity field
models starting from the 1970s. Rapp (1998) provides
a review of the geopotential modeling developments of
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the twentieth century, which includes an extensive list of
references.

The Earth’s external gravitational potential, V, at a point
P defined by its geocentric distance (rP), geocentric colat-
itude (yP) (defined as 90� minus the geocentric latitude),
and longitude (lP), can be expressed as:

V ðrP; yP; lPÞ ¼ GM
rP

1þ
X?
n¼2

a
rP


 �n
"

Xn
m¼�n

CnmYnmðyP; lPÞ
# : (1)

GM is the geocentric gravitational constant (the product of
the universal gravitational constant, G, times the mass of
the Earth including its atmosphere, M ) and a is a scaling
factor associated with the fully normalized, unitless,
spherical harmonic coefficients Cnm (a is usually numeri-
cally equal to the equatorial radius of an adopted mean-
Earth ellipsoid). The absence of first-degree terms in
Equation 1 is a consequence of placing the origin of the
coordinate system at the Earth’s center of mass. The
Spherical Harmonic Analysis Applied to Potential Fields
are defined as (Heiskanen and Moritz, 1967, Sect. 1–14):

YnmðyP;lPÞ¼Pn mj jðcosyPÞ

� cosmlP
sin mj jlP
� �

if m� 0
if m< 0

: (2)
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Gravity, Global Models, Figure 3 Free-air gravity anomalies (in mG
maximum degrees (different resolving powers), over the Yucatán P
extends to degree 2,160. The Chicxulub impact crater “ring” is clea
discerned in the EIGEN-GL04C gravity anomalies due to the lower r
Pn mj jðcos yPÞ is the fully-normalized associated legendre
function of the first kind, of degree n and order mj j. The
normalization of the surface spherical harmonic functions
Ynm is such that:

1
4p

Z

s

Z
Y 2
nm ds ¼ 1; (3)

where the integral is taken over the unit sphere s, whose
area element is ds. In practice, the degree summation in
Equation 1 is truncated to some finite degree N, which
defines (approximately) the resolution of the GGM.
A useful rule of thumb is that the half-wavelength linear
resolution (l 2= ), on the Equator, expressed in kilometers,
is related to N by:

l 2= ¼ 180�

N
� 111 ðkmÞ: (4)

Figure 3 shows a representative example of the fine

detail (high resolution) that can be captured with an expan-
sion to degree 2,160, compared to the lower-resolution
information that is retrievable using an expansion to
degree 360. A spherical harmonic expansion complete
to degree and order N involves (N + 1)2 spherical har-
monic coefficients, a number that grows rapidly as the
maximum degree, and therefore the resolution of the
model, increases. For example, an expansion to degree
360, as the EGM96 model involves O(130 k) coefficients,
while EGM2008, which extends to degree 2,160, involves
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approximately 4.7 million coefficients. The availability of
efficient numerical algorithms for the estimation and for
the subsequent use of these spherical harmonic expansions
is obviously of critical importance. The goal of global
high-resolution gravitational modeling is to estimate, as
accurately as possible, the coefficients Cnm, to as high
degree as possible, through the optimal combination of
gravitational information from a variety of data sources.
Of equal importance is the estimation of reliable error esti-
mates for the Cnm values. The estimated Cnm values can
then be used to compute functionals of the field (e.g.,
Geoid undulations, gravity anomalies, deflections of the
vertical) while their associated errors (and error correla-
tion when available) can be propagated to yield the errors
of the derived functional(s). Before the dawn of the new
millennium and the availability of data from the satellite
missions CHAMP, GRACE, and GOCE, four kinds of
gravitational information were commonly available for
the development of high-degree combination gravitational
models like EGM96 (Lemoine et al., 1998):

1. Gravitational information obtained from the analysis of
satellite orbit perturbations that are deduced from
tracking data. This is of critical importance for the
accurate determination of the low degree part of the
model. Satellite-only models have progressed from
solutions to degree 4 in the early 1960s, to models
complete to degree 70 or 90 available by the end of
the twentieth century. These advances were made
through the availability of ever more accurate tracking
data acquired over a continuously expanding constella-
tion of Earth orbiters. Tracking data from approxi-
mately 40 satellites have been used in the
development of the satellite-only solution supporting
EGM96 (denoted EGM96S) (Lemoine et al., 1998).
These data include optical, radio Doppler and radio
interferometric observations, Satellite Laser Ranging
(SLR), Doppler Orbit determination and
Radiopositioning Integrated on Satellite (DORIS),
and Satellite-to-Satellite Tracking (SST) data from the
Global Positioning System (GPS) and Tracking and
Data Relay Satellite System (TDRSS) constellations
to lower Earth orbiters. Despite these advances, these
tracking data types are incapable of resolving the fine
structure of the field due to the attenuation of the grav-
itational signal with altitude. Moreover, the available
satellites do not sample uniformly the range of orbital
inclinations and altitudes, which is a necessary condi-
tion for the de-correlation of the harmonic coefficients
estimated from satellite tracking data only. This causes
strong correlation especially among coefficients of
higher degrees within satellite-only solutions, and
necessitates the use of a priori constraints in the devel-
opment of satellite-only models (Lerch et al., 1979).

2. Surface (land, marine, and airborne) gravimetric data,
which are (essentially) measurements of the magnitude
of the acceleration of gravity. These data are in princi-
ple capable of resolving both long and short
wavelength features of the gravity field. This, however,
requires uniform global coverage with dense gravity
data of uniformly high accuracy. The best available
data sets ca. 1996 (Kenyon and Pavlis, 1996) represent
information derived from over 4,000 sources of
detailed gravity data collected over several decades.
The accuracy and density of point data vary substan-
tially with geographic region, with extended regions
(e.g., Antarctica) being practically void of gravity mea-
surements. Gravity Anomalies, Interpretation values
are the remainders after subtraction from the gravity
measurements of the gravity acceleration implied by
an ellipsoidal reference (normal) field (see also Fig-
ure 4). These gravity anomalies are susceptible to var-
ious systematic errors (Heck, 1990). These errors, in
conjunction with the nonuniformity of coverage,
degrade the long wavelength integrity of the gravita-
tional information that can be extracted from surface
gravimetry. Nevertheless, surface and airborne gravim-
etry presently provide the only data that can resolve
short wavelength gravity features, especially over land
areas. In addition, shipborne gravity measurements
may aid the separation of the geoid from the DOT sig-
nal when used in combination with satellite altimetry.
The processing of surface gravity data also requires
accurate and high-resolution information of the Earth’s
topography. This information is necessary both for the
preprocessing of the gravity data and for the computa-
tion of correction terms that are necessary in order to
determine the geoid surface over the continents, from
the estimated GGM coefficients (Rapp, 1997). It may
also be used to supplement low-resolution gravita-
tional information that may be available over certain
geographic regions, with high-resolution information
implied by the gravitational effects of the Earth’s
topography. This approach was used effectively for
the development of EGM2008, as it is discussed by
Pavlis et al. (2007).

3. Satellite altimeter data have enabled an unsurpassed
mapping of the field over the oceans, in terms of both
accuracy and resolution. TOPEX/Poseidon (T/P)
(Fu et al., 1994) was the first satellite altimetry mission
that routinely provided measurements of the Sea Sur-
face Height (SSH), which were not significantly con-
taminated by radial orbit error (RMS radial orbit error
at the�2 cm level). However, altimetric measurements
are confined over the ocean areas bounded by the satel-
lite’s inclination, and furthermore provide a mapping
of the sum of the geoid undulation (the height of the
geoid surface with respect to the surface of an ellipsoid
of revolution) plus the DOT. These aspects weaken
somewhat the contribution of altimeter data in the
determination of the long wavelength gravitational
field and necessitate the appropriate modeling and esti-
mation of the DOTwhen altimeter SSH data are used in
combination solutions. There is, however, another way
of incorporating altimeter data into a high-degree
GGM, which is discussed next.
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4. The combination of altimeter data from multiple mis-
sions (spanning several years), some of which have
produced very closely spaced ground tracks, has pro-
vided a dense sampling of most of the ocean’s surface.
These data, in the form of SSH and/or SSH slopes, can
be used to estimate ocean-wide sets of gravity anoma-
lies, at very fine resolution (e.g., 20 � 20 and even
10 � 10). Spatial averages of these values can be
“merged” with corresponding land and airborne grav-
ity data and gravity information obtained from models
of the potential generated by the topography and its
isostatic compensation (Pavlis and Rapp, 1990) to pro-
duce a complete global equiangular grid of gravity
anomaly values. Figure 5 shows the identification of
the data sources, which were used to compile the
“merged” 50 � 50 free-air gravity anomaly data file that
supported the development of EGM2008. The geome-
try of such a grid, in conjunction with the symmetry
properties of the Legendre and the trigonometric func-
tions, allows the applicability of very efficient har-
monic analysis and synthesis methods (Rizos, 1979;
Colombo, 1981a). These methods have revolutionized
the development and use of very high-degree spherical
harmonic expansions. These approaches also allow
efficient combination with satellite-only information,
as was done, for example, by Rapp and Pavlis (1990).
However, incorporation of altimeter data into a GGM
in this fashion requires some a priori knowledge of
the DOT, so that the altimetry-derived gravity anomaly
values are estimated from appropriately corrected SSH.

Satellite tracking, altimetric, and surface gravimetric
data are of complimentary character both in a spectral as
well as in a geographic sense. Their combination enables
the determination of the gravitational field, over a wider
band of its spectrum, with improved accuracy, than can
be obtained by using any of the three data types alone.
The particular means of combining these data, in order
to develop a high-degree GGM, constitutes a solution
strategy. A critical consideration in the design of
a solution strategy is the treatment of altimeter data (Rapp,
1993), that is, if these data will be incorporated as in (3) or
as in (4) above. OSU91A (Rapp, Wang and Pavlis, 1991)
and EGM96 (Lemoine et al., 1998) represent the result of
implementing a particular solution strategy, whereby
altimeter data were used as in (3) for the determination
of the low degree part of these models (maximum degree
50 and 70, respectively), and as in (4) for the higher degree
part. The OSU89A/B models (Rapp and Pavlis, 1990) and
the EGM2008model (Pavlis et al., 2008) incorporated sat-
ellite altimeter data as in (4) above. Certain characteristics
of the above data types that are particularly important for
their effective combination are discussed next.
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 Information Content. The observables within the above
four categories contain information not only about the
gravitational field, but also about numerous other
effects. Some of these effects are of interest in their
own right (e.g., the DOT information contained within
altimetric SSH), while others represent, at least as far
as gravitational modeling is concerned, systematic
noise (e.g., the nonconservative forces acting on
a satellite). In either case, effective incorporation of
a particular data type into the combination solution
requires precise modeling and optimal estimation of
all the effects and signals contained within the observ-
able. Otherwise, the estimated gravitational model can
be severely corrupted by the mis-modeled (or un-
modeled) systematic effects.

 Spectral Sensitivity Overlap. The development of
a GGM through a least squares adjustment procedure
combining different data types is meaningful, provided
that the data used in the adjustment share some com-
mon degree of sensitivity to the gravitational signal
over a certain portion of its spectrum (a range of har-
monic degrees). Otherwise, there is little “adjustment”
being performed to data representing disjoint spectral
bands. For example, pre-GRACE satellite-only models
have a narrow spectral sensitivity overlap with models
recovered from surface gravity data alone. This compli-
cated considerably the problem of optimal combination
of these two data types. On the other hand, this also
means that setting up and inverting extremely large lin-
ear systems corresponding to very high degree models
may not be necessary, if a single data type (e.g.,
a complete global equiangular grid of gravity anoma-
lies) uniquely determines the higher-degree portion of
such a GGM.
 Relative Weighting. The optimal estimation of a GGM
depends critically on the optimality of the relative
weights assigned to the different data types. Consider-
ing the numerous sources of data that may be involved,
this may require the solution to a very large component
of variance estimation problem, complicated further by
the fact that the extraction of gravitational information
from satellite orbit observations is a strongly nonlinear
problem. Although approximate solutions to this rela-
tive weight estimation problem have been used with
considerable success (Lerch, 1991), many times the
experience and intuition of the model developer(s)
guide the selection of appropriate data weights more
than anything else.
The recent gravity-mapping satellite missions
The satellite data used for the development of all GGMs
published by the end of the twentieth century represent
tracking of “targets of opportunity,” that is, of spacecraft
designed and equipped with instrumentation for applica-
tions other than the mapping of the gravitational field from
space. As a result of three satellite missions, this situation
has changed dramatically during the last decade. These
three missions are CHAMP (Reigber et al., 1996),
GRACE (GRACE, 1998), and GOCE (ESA, 1999).
Table 1 summarizes the main characteristics of these
missions.

A comprehensive discussion regarding the concepts
involved in these three mission scenarios can be found
in (ESA, 1999, Sect. 2.3). Mapping of the gravitational
field from space requires missions that adhere as much
as possible to the following fundamental design
constraints:
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Mission Status Orbit Mission objective Instrumentation, tracking, and comments

CHAMP Launched on
7/15/2000
active

Alt. = 450 km
e � 0.004
i = 87�

Gravity and magnetic fields
Atmospheric limb Sounding
Ionosphere sounding

3-axis STAR accelerometer GPS and SLR
altitude will decay from 450 km (BOL) to
300 km (EOL)

GRACE Launched on
3/17/2002
active

Alt. = 485 km
e � 0.001
i = 89�

Gravity field and its temporal
variation

3-axis accelerometers (1 per s/c) GPS and
SLR K-band inter-satellite ranging
between the 2 s/c

GOCE Launched on
3/17/2009
active

Alt. � 250 km
i = 96.7�
Sun-synchronous

Gravity field
(Especially static)

Six 3-axis accelerometers forming the
gradiometer GPS/GLONASS and SLR
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 Uninterrupted tracking in three spatial dimensions.
 Measurement or compensation of the effects of

nongravitational forces.
 Orbital altitude as low as possible, to enhance sensitiv-

ity to the gravitational signal, and inclination as high as
possible, to permit (near) global coverage.

 Counteraction of the field’s attenuation at altitude
through themeasurement of derivatives of the potential.

All three missions have in common the high–low Satel-
lite-to-Satellite Tracking component (SST-hl ) from the
GPS (and GLONASS in the case of GOCE) constellation,
and the measurement of nongravitational forces by the
onboard accelerometers. These data permit highly accu-
rate orbit determination for all three missions, and in addi-
tion may enhance the gravitational field determination at
very long wavelengths (very low degrees). In addition to
that, GRACE involves the continuous measurement of
the range between two identical satellites that “chase each
other,” which constitutes a low-low SST formation
(SST-ll). GOCE’s accelerometer array on the other hand
provides the measurements necessary to determine the
gravitational tensor (i.e., the 3� 3 matrix of second-order
spatial derivatives of the gravitational potential) at alti-
tude. GOCE is unique in the sense that it will provide
boundary data at altitude covering the entire Earth, except
for two polar cap areas of �6.7� radius (due to the satel-
lite’s inclination). The data acquired by each of these three
missions result in different sensitivities to the gravitational
spectrum. Simulation studies examining the geopotential
recovery attainable from these (and other) mission scenar-
ios have been reported, for example, by Sneeuw and Ilk
(1997). When considering the data from these satellite
missions two main questions arise:

1. What is the optimal way of analyzing their data?
2. What is the optimal way of combining their data with

existing data, for example, from surface gravimetry
and from satellite altimetry, in order to develop high-
degree combination gravitational models?
1. Data Analysis. In the case of CHAMP, the gravita-

tional information is extracted from the analysis
of the perturbations of a low Earth orbiter, in
a fashion similar to other preexisting satellite mis-
sions. However, CHAMP’s low orbit, in conjunction
with the accelerometer data and with the availability
of nearly global tracking data coverage, enabled for
the first time the determination of an accurate long
wavelength global gravitational model from a single
satellite’s data. Indicative of this “new state of affairs”
was the fact that a very preliminary solution (complete
to degree and order 91) was already developed based
on a single month’s worth of CHAMP data only and
was presented during the 2001meeting of the Interna-
tional Association of Geodesy (IAG) by Reigber et al.
(2001). Although significantly better models that
include GRACE data have by now surpassed consid-
erably this preliminary solution, it served as a good
example of the improvements that were to follow.
Compared to CHAMP, GRACE added the SST-ll
component, which permitted higher-resolution
gravitational information to be extracted from the
analysis of the orbital perturbation differences along
the line of sight of the two low orbiting satellites.
One can use traditional orbit perturbation analysis
methods to process the GRACE data and derive
a GGM, for example, in spherical harmonics.
GGM01S (Tapley et al., 2004) and GGM02S
(Tapley et al., 2005) were estimated following such
a procedure. This analysis scenario, albeit costly, is
within current computational capabilities for
models extending to degree and order 180 or so.
Geodesists have also considered alternative analy-
sis methods for GRACE-type missions (e.g., Wolff,
1969; Colombo, 1981b; Jekeli, 1999a; Rowlands
et al., 2002). Such methods provide higher compu-
tational efficiency at the cost of introducing certain
approximations. Setting aside for a moment the
details of optimal GRACE data processing, it is
important to recognize here the quantum leap that
has been accomplished with the GRACE mission.
Approximately 14 months of GRACE data alone
have been used to develop GGM02S, whose cumu-
lative global Root Mean Square (RMS) geoid undu-
lation error to degree 70 is less than �1 cm (Tapley
et al., 2005, Figure 2). By comparison, the cumula-
tive geoid undulation global RMS error to degree 70
for EGM96, which required the combination of data
from tens of satellites, along with surface gravity
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and satellite altimetry, was�19 cm (Lemoine et al.,
1998, Table 10.3.2-1).
As far as GOCE is concerned, numerous investiga-
tions of the various aspects of its data analysis and
of the development of a GGM from them can be
found in (ESA, 2000). One particular issue that
receives increased attention relates to the polar gaps
and their impact on analysis schemes that exploit
regularity and completeness in the data coverage.

2. Data Combination. While the existing satellite
gravity-mapping missions (CHAMP and especially
GRACE) have already delivered (or promise to
deliver as in the case of GOCE) quantum leaps in
the accuracy and resolution of the satellite-only
gravitational models, there is still a need to combine
that information with terrestrial gravity and satellite
altimetry data in an optimal fashion. This is required
so that a “seamless” extension of the gravitational
spectrum can be achieved, taking advantage of the
rich high frequency content of the surface and
altimetric data. The higher resolution of GRACE-
based and GOCE-based satellite-only models will
significantly increase the spectral overlap with sur-
face gravity and altimetry. This will enable for the
first time the estimation of high-resolution models
of the DOT as well as the significant reduction of
systematic errors present in surface gravity data
(see also [Pavlis, 2000]).
Beyond the sensitivity of satellite data
Due to the attenuation of the gravitational signal with
increasing altitude, there is obviously a limit to the gravi-
tational information that can be extracted from spaceborne
sensors. This implies a limit to the resolution (maximum
degree) of satellite-only models. Spectral estimation indi-
cates that for GRACE, the signal-to-noise ratio becomes
one around degree 170, while for GOCE the
corresponding degree is not expected to exceed 300.
Observations made on the Earth’s surface (or on airplanes
flying at low altitudes) can extend the resolution of gravi-
tational models considerably. Surface and airborne data
like gravity anomalies, gravity disturbances, etc. are
therefore capable of supporting the development of much
higher resolution gravitational models than those devel-
oped based on satellite data only. One way of developing
such high-degree models involves first the formation of
a regular grid of spatially averaged values of some func-
tional of the field that completely covers the globe. These
values represent data derived on the basis of other primary
observables, using techniques like Least Squares Colloca-
tion (LSC) (Moritz, 1980). Surface gravity anomalies are
a suitable choice for such a functional, both from
a spectral sensitivity and from an availability viewpoint.
Very high-degree and order spherical harmonic models
are then developed from the analysis of such global anom-
aly grids, using efficient harmonic analysis techniques like
those put forward by Colombo (1981a). Wenzel (1998,
1999) reported such expansions complete to degree and
order 1800. Pavlis et al. (2005) reported the development
and evaluation of the PGM2004A preliminary gravita-
tional model, which combined GRACE information with
a global set of 50 � 50 gravity anomalies, and extended
to maximum degree and order 2,160. The final product
of that modeling effort was EGM2008 which also extends
to degree 2,160 (Pavlis et al., 2008). EGM2008 was com-
pleted and released to the public in April 2008.
State-of-the-art global gravitational modeling
We briefly outline the main aspects of the development of
two global gravitational models, representative of the
state-of-the-art, given the data that were available, at the
time of each model’s development: EGM96 (Lemoine
et al., 1998), which represents the state-of-the-art before
the availability of data from the CHAMP and GRACE
missions, and EGM2008 (Pavlis et al., 2008), which rep-
resents currently (March 2010) the model with the highest
resolution and accuracy, prior to the anticipated availabil-
ity of data from GOCE. A comparison of the approaches
that were followed for the development of these two
models reveals the critical changes in model development,
which were brought about by the availability of GRACE
data on one hand, and of high quality 50 � 50 area-mean
gravity anomalies (from the combination of terrestrial
and altimetry-derived data sources) on the other.

In theory, the estimation of a GGM complete to some
(arbitrary) high degree and order, from the combination
of various (heterogeneous) data, could be carried out as
follows:

(a) Form separate normal equations from each individual
data type, to a maximum degree and order that corre-
sponds to the resolution of the available data and their
sensitivity to the gravitational signal.

(b) Treat satellite altimeter data as “direct tracking” obser-
vations, that is, ranges from the spacecraft to the ocean
surface whose upper endpoint senses (through the orbit
dynamics) attenuated gravitational signals (static and
time varying), while their lower end point senses the
combined effects of geoid undulation, DOT as well
as tides and other time varying effects, without any
attenuation. In this manner, altimeter data contribute
to the estimation of the satellite’s orbit, as well as the
estimation of the DOTand of the potential coefficients.

(c) Combine the various normal equations (with appro-
priate relative weights) and invert the resulting sys-
tem, to estimate the combination solution to its high
degree, along with its full error covariance matrix.

Such an “ideal” approach would permit the most rigor-
ous modeling of the observables and would allow the
greatest flexibility in terms of data weighting.
A combination solution to degree 360, if performed as
outlined above, would require the formation of full (sym-
metric) normal equation matrices (from satellite altimetry
and surface gravimetry) for approximately 130,000
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parameters (considering only the gravitational potential
coefficients). For maximum degree 2,160, there would
be approximately 4.7 million such parameters involved.
Such computational tasks are beyond our present compu-
tational capabilities. Therefore, at present, one may
choose between, or combine, two main solution strategies
to attack the problem:

 Solution Strategy (A)Apply the “ideal” estimation strat-
egy outlined above, to obtain a combination solution
for the lower degree part of the field, up to
a maximum degree that is computationally manageable.
Apart from reasons of computational feasibility, this
maximum degree should enable the appropriate model-
ing of the gravitational signal contained in the currently
available satellite tracking data. Furthermore, since the
DOTsignal is of long wavelength nature, the benefits of
“direct” altimetry are almost entirely retained here. To
avoid aliasing effects however, the contribution to the
altimetry and surface gravity data from the coefficients
beyond the solved-for degree has to be filtered out of
the data prior to the normal equation formation. This
may be done using a preexisting high-degree solution
(Pavlis, 1988; Denker and Rapp, 1990). Herein, we will
refer to this type of solution as the comprehensive low-
degree combination model. The obvious shortcomings
of this approach are the relatively low maximum attain-
able degree (approximately 250 at present) and its com-
putational demands. Some models developed using this
approach (or similar ones) include JGM-1 and JGM-2
(Nerem et al., 1994) and JGM-3 (Tapley et al., 1996),
the part of EGM96 up to degree and order 70 (see
Lemoine et al., 1998, Chapt. 7), and EIGEN-GL04C
(Förste et al., 2008).

 Solution Strategy (B) Consider that one is willing to
make the following two approximations:
1. The orbits of the altimeter satellites, whose data are

included in the combination solution, are perfectly
known (at least radially). This approximation is justi-
fiable if one is working with altimeter satellites
supported by T/P-class precise orbit determination.
Moreover, after the availability of GRACE-based
gravitational models for precise orbit determination
of altimeter satellites, errors arising from gravitational
model inaccuracies do not dominate the orbit error
budget of these satellites. Errors due to, for example,
mis-modeling of nonconservative forces acting on
the spacecraft are likely to be more significant at pre-
sent. In this regard, to allow the orbits of altimeter sat-
ellites to contribute (through their dynamics) to the
determination of gravitational parameters within
a combination solution may not be a desirable
approach presently, because the effects of orbit errors
of nongravitational origin could corrupt the solved-
for gravitational parameters.

2. The DOT is known a priori, for example, from an
Ocean Circulation Model (OCM) or from a previous
low-degree comprehensive combination solution.
The implication of (1) is that satellite altimetry does not
have to be treated as “direct” tracking anymore, which
simplifies the problem considerably, since now orbit
dynamics are not involved in the altimeter data
processing. One is left with a “surface” problem, where
the geoid (N ) and the DOT (z) signals have to be sepa-
rated, given the “observed” SSH (h), which is their sum.
If in addition, the approximation (2) is introduced, then
altimetry contributes to the combination solution
“observed” geoid heights (N ) over (parts of) the ocean.

In addition to the above two approximations, a key
issue here is that altimetric information may also be pro-
vided in a gridded form. This is possible through the use
of a Mean Sea Surface (MSS), obtained from multiple
altimetric missions. The success of T/P has significantly
improved the accuracy of MSS data sets (especially at
long wavelengths). This is accomplished by adjusting
the SSH data from other altimetric missions (e.g., ERS-
1, ERS-2, GEOSAT, GEOSAT-Follow-On), to the surface
defined by T/P, using crossover minimization techniques.
Such MSS data sets have been developed by, for example,
Yi (1995); Kim et al. (1995); Anzenhofer et al. (1996);
Wang (2001), and more recently by Andersen and
Knudsen (2009). One may also have available in gridded
form, altimetry-derived gravity anomaly values. Such
values have been estimated using various techniques,
on an ocean-wide basis by, for example, Rapp and
Basic (1992); Andersen and Knudsen (1998), Andersen,
Knudsen and Berry (2010), Trimmer and Manning
(1996) and Sandwell and Smith (1997, 2009) among
others.

The two simplifying approximations discussed above
and particularly the availability of altimetric information
in gridded form (especially in the form of gravity anoma-
lies) make applicable an alternative class of high-degree
combination solution techniques. These techniques com-
bine the satellite-only information, with potential coeffi-
cient information obtained from the analysis of complete,
regular grids of functional(s) of the disturbing potential
(e.g., N, Dg), and are based on the highly efficient har-
monic analysis algorithms originally studied and put for-
ward by Colombo (1981a). These algorithms exploit the
regularity of the data grids and the symmetry properties
of Legendre and trigonometric (sine/cosine) functions.
Inherent in these algorithms is the use of Fast Fourier
Transform (FFT) techniques to process data arrays resid-
ing over latitude bands that are symmetric with respect to
the equator, in a highly efficient manner. Estimators of this
type are the (simple) Numerical Quadrature (NQ), the
Block-Diagonal (BD) least-squares adjustment, and the
Optimal Estimation (OE) technique. Models developed
using the NQ approach include OSU86E/F (Rapp and
Cruz, 1986a) and OSU89A/B (Rapp and Pavlis, 1990).
BD techniques of varying sophistication have been used
to develop GPM2 (Wenzel, 1985), DGFI92A (Gruber
and Bosch, 1992), GFZ95A (Gruber et al., 1996), and
EGM2008 (Pavlis et al., 2008). OE was used to develop
the OSU86C/D models (Rapp and Cruz, 1986b).
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The two solution strategies (A) and (B) discussed above
have their respective advantages and disadvantages. Due to
computational limitations, the development of a GGM to
spherical harmonic degree 360 or higher, currently requires
the implementation of either a combination of the two strat-
egies (as it was done for EGM96 and EIGEN-GL04C), or
the implementation of strategy (B), as it was done for
OSU89A/B and EGM2008. EGM96 (Lemoine et al.,
1998) employed a comprehensive solution to degree 70,
augmented by a BD solution from degree n = 71 to degree
n = 359, while the n = 360 coefficients (which cannot be
estimated using the BD technique) were obtained from an
NQ model. The main reason for the choice of this solution
strategy was the fact that the satellite-only component of
EGM96 (denoted EGM96S), was accompanied by
a variance-covariance matrix that was fully occupied. This
was due to the fact that the heterogeneous tracking data
from the (approximately) 40 satellites that were used to
derive EGM96S to degree and order 70, were incapable of
de-correlating adequately the spherical harmonic coeffi-
cients up to this degree and order. Therefore, in order to pre-
serve the integrity of the least-squares adjustment used to
combine EGM96S with the surface gravity and altimetry
data, one had to consider the satellite-only normal
equations in their complete (fully occupied) form. Any
block-diagonal approximation of these normal equations
would result in estimation errors that could not be tolerated.
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This situation changed dramatically with GRACE, where
the corresponding normal equationmatrix, due to the global
coverage and uniform GRACE data accuracy could be
safely approximated by a block-diagonal matrix, without
significant loss of accuracy. In addition, after the availability
of satellite-only models from GRACE, there is really no
need to incorporate altimeter data into the combination
solution in the form of “direct” tracking. Instead,
a preliminarymodel fromGRACE and anMSS can be used
to estimate a preliminarymodel of theDOT. This could then
be used to correct the SSH of the MSS and estimate an
ocean-wide set of altimetry-derived gravity anomalies.
These can be “merged” with terrestrial and airborne data
to form a complete global grid (see also Figure 5). The grav-
itational information implied by these gridded data could
then be combined (in a least-squares adjustment) with the
satellite-only model from GRACE, to derive the combina-
tion solution, up to the high degree (2,160), in a single step.
The entire process may be iterated, using the high-degree
combination solution to derive the next estimate of the
DOT, and so on. This is essentially the approach that was
used to develop EGM2008 (Pavlis et al., 2008). Two itera-
tions of the estimation of the altimetry-derived gravity
anomalies were performed, which was sufficient for the
process to converge. Despite its iterative nature, this
approach permits the development of very high-degree
combination solutions in an efficient manner, andmoreover
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in a single adjustment step, thereby avoiding the “piece-
wise” nature of models like EGM96.
Model evaluation and accuracy assessment
Of central importance to the development of a GGM are
the evaluation of its performance, and the estimation of
reliable error measures to quantify its accuracy. The
former requires the comparison of model-derived quanti-
ties to corresponding values obtained independently.
Several different data types, withheld from a model’s
development, are used for this purpose. These indepen-
dent data have different spectral sensitivities and/or
occupy different geographic regions. Tests that are usually
employed here include satellite orbit determination and
comparisons with tracking data, comparisons with geoid
undulations obtained from GPS and leveling data, com-
parisons with deflections of the vertical obtained from
astrogeodetic techniques (Jekeli, 1999b), comparisons
employing altimetry and general ocean circulation
models, etc. A useful practice, introduced during the
development of EGM96, and used also during the devel-
opment of EGM2008, is to invite a voluntary evaluation
working group, independent of a model’s developers, that
evaluates and provides feedback to the model’s devel-
opers regarding candidate preliminary solutions, as well
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as the final outcome from a modeling effort, in a manner
as objective as possible. These groups work under the aus-
pices of the International Association of Geodesy (IAG)
and upon completion of a certain evaluation effort they
report their findings in IAG-sponsored publications,
which can be accessed freely by the public. In the case
of EGM2008, the results from such an evaluation by 25
different international investigating teams are reported in
Newton’s Bulletin No. 4, which is jointly published by
the Bureau Gravimétrique International (BGI) and the
International Geoid Service (IGeS).

The estimation of reliable errors that should accompany
a model’s derived quantities is also very important. These
errors are geographically dependent, reflecting the differ-
ent quality of the data used to develop the model, as
a function of geographic area. For models like
EGM2008, which involve a very large number of param-
eters (approximately 4.7 million), one cannot perform
such error propagation using variance-covariance matri-
ces and linear algebra methods, due to the excessively
large sizes of the matrices involved. Instead, Pavlis and
Saleh (2005) introduced and implemented an alternative
approach that employs global convolutions with band-
limited kernels. This technique is capable of providing
very reliable error estimates, with geographic specificity,
in a very efficient manner. Figures 6 and 7 illustrate
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geographically the propagated errors in free-air gravity
anomalies and in geoid undulations, implied by
EGM2008 to degree 2,160.

Summary
Accurate knowledge of the gravitational potential of the
Earth, on a global scale and at high resolution, is
a fundamental prerequisite for various geodetic, geophys-
ical, and oceanographic investigations and applications.
Over the last 50 years, continuing improvements and
refinements to the basic theory have been paralleled by
the availability of more accurate and complete data and
by dramatic improvements in the computational resources
available for numerical modeling studies. These advances
have brought the state-of-the-art from the early spherical
harmonic models of degree 8 (Zhongolovich, 1952) to
solutions like EGM2008 that extends to degree 2,160.
The availability of satellite missions like CHAMP,
GRACE, and GOCE, dedicated to the mapping of the
gravitational field from space, is enabling the determina-
tion of the long wavelength features of the field with
unprecedented accuracy. Nevertheless, the determination
of the fine details of the field still relies on the availability
of terrestrial and airborne data, of high accuracy and suffi-
cient geographic coverage and density. In this regard, sev-
eral areas of the Earth, most notably Antarctica, await
more comprehensive gravimetric surveying.
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Introduction
Gravity gradiometry is over 110 years old and it offers
a rich perspective of the Earth’s external gravitational
field as generated by its internal mass density structure.
Like the measurement of gravity, gradiometry is used to
make both qualitative and quantitative interpretations of
the Earth’s near subsurface interior. The spatial gradients
of the Earth’s gravity acceleration vector form a tensor of
nine elements, three components for each of the three
vector components. They emphasize the fine structure
and the short-wavelength characteristics of the field.
They are largest over sharp subsurface geologic contrasts,
such as faults, the edges of salt domes and igneous intru-
sions, and the flanks of synclines and anticlines. As the
second derivatives of the gravity potential, the gravity
gradients describe the curvature of the potential, and
values of the differential curvature help to indicate direc-
tions of principal axes of source bodies. Gravity
gradiometry also plays a significant role in understanding
the fundamental nature of gravitation from a cosmologi-
cal viewpoint.

While popular in the early part of the twentieth century
to aid in the exploration for oil and gas, static gravity
gradiometry has largely been replaced by scalar gravime-
try (measurements of the magnitude of the gravity vector),
both in the static mode and on airborne platforms, due to
its greater efficiency and yet equal accuracy. Gradiometry
has resurfaced recently because for moving-base systems
(e.g., aircraft and satellites), it is arguably the preferred
system of measurement since it does not require an inde-
pendent system that determines kinematic accelerations
of the vehicle with equal precision, as does the gravimeter
due to the principle of equivalence between inertial and
gravitational masses.

The static or moving-base measurement of gradients
requires exquisitely sensitive instrumentation, which over
the last 100 years has improved less in accuracy than in
resolution (integration time) for the surface and airborne
systems. Typical airborne systems today advertise the
same precision that the static instruments had at the begin-
ning of the twentieth century. However, they have a much
higher temporal resolution (of the order of a few seconds)
compared to the many hours required for the early static
instruments. On the other hand, the recent launch of
a satellite-borne gradiometer represents a major advance
in global gradiometry with an anticipated accuracy
improvement of several orders of magnitude, but at the
expense of the relatively far removed (from the sources),
but dynamically quiet environment of space. Because of
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the relatively great expense of current gradiometer tech-
nology, to date only a few terrestrial (airborne and ship-
borne) systems are in operation.

The following sections cover the basic theory of gravi-
tational gradients, the history of the sensor technology
from the first torsion balance to modern-day gradiometers,
the forward modeling of gravitational gradients, and appli-
cations in geodesy, geophysics, and physics.
Mathematical foundations
Gravitational gradients
Newtonian gravitational field theory adequately serves
both to develop the necessary field equations, their solu-
tions, and the derivation and use of gravitational gradients.
No attempt is made or needed for present purposes to dis-
cuss the gradients in terms of Einstein’s theory of general
relativity. We start with Newton’s law of gravitation that
posits the force between two point masses as proportional
to each of the masses, inversely proportional to the square
of the distance between them, and directed along the
connecting line. An equivalent concept is the Newtonian
gravitational field potential that quantifies thework (energy)
needed to bring a unit testmass froma position, x, to infinity
for a given attracting point mass, m, located at x0:

V xð Þ ¼ Gm
x� x0j j ; (1)

where G is Newton’s gravitational constant. We use the
geophysical convention of positive potential. By the law
of superposition, the potential may be generalized by sum-
mation to a discrete set of mass points; and, ultimately,
using the concept of mass density, r, to continuous distri-
butions of mass:

V xð Þ ¼ G
Z

v

r x0ð Þ
x� x0j j dv; (2)

where v is the region in space occupied by the mass den-
sity. The potential is a continuous function for all points
inside and outside v and on its boundary.

The spatial gradient of the gravitational potential is the
gravitational acceleration (gravitation) experienced by the
test mass at x:

gðxÞ ¼ =V ðxÞ: (3)

The spatial gradient of the components of the gravitation
vector constitutes the elements of the gravitational gradi-
ent tensor:

G xð Þ ¼ ==TV xð Þ ¼ =gT xð Þ; (4)

where “T” denotes the transpose of a vector (or matrix).
The gradient tensor is a continuous function where the
density is continuous.

In Cartesian coordinates, x ¼ x1; x2; x3ð ÞT, the gravita-
tional gradient tensor is given by
G ¼

@2V
@x21

@2V
@x1@x2

@2V
@x1@x3

@2V
@x2@x1

@2V
@x22

@2V
@x2@x3

@2V
@x3@x1

@2V
@x3@x2

@2V
@x23

0
BBB@

1
CCCA ¼

@g1
@x1

@g2
@x1

@g3
@x1

@g1
@x2

@g2
@x2

@g3
@x2

@g1
@x3

@g2
@x3

@g3
@x3

0
BB@

1
CCA

¼
G11 G12 G13

G21 G22 G23

G31 G23 G33

0
B@

1
CA:

(5)

The tensor is symmetric by the continuity of the

derivatives of the potential. Poisson’s field equation
characterizes a Newtonian gravitational field through its
second-order gradients, or the trace of the gravitational
gradient tensor:

==V xð Þ ¼ =2V xð Þ ¼ �4pGr xð Þ; (6)

where the Laplacian operator in Cartesian coordinates is

=2 ¼ @2

@x21
þ @2

@x22
þ @2

@x23
: (7)

Therefore, the gravitational gradient tensor has only five
independent elements for points where the mass density
distribution is known. For later reference, the potential in
free space satisfies Laplace’s equation:

=2V xð Þ ¼ 0: (8)
If the local coordinate system has its third axis aligned
with the vertical, positive downward, and the first axis
points northward, then the horizontal rate of change of
the vertical component of gravitation, g3, is called the hor-
izontal gradient, with magnitude and direction of greatest
variation (from north) given by

GH ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
G2
13 þ G2

23

q
; aH ¼ tan�1 G23

G13
: (9)

Gravitational gradients also describe the curvature of

a surface of constant gravitational potential (a level sur-
face) (Figure 1). Let r10 and r20 be the two principal radii
of curvature at a point on the surface, representing the
minimum and maximum curvatures along corresponding
(orthogonal) axes, x10 and x20 . It can be shown (Heiland,
1940; Nettleton, 1976) that the differential curvature,
Dk ¼ g3 1 r20= � 1 r10=ð Þ, is given by

Dk ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2G12ð Þ2 þ G22 � G11ð Þ2

q
: (10)

The direction of minimum curvature is

ac ¼ 1
2
tan�1 �2G12

G22 � G11
: (11)
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If ac ¼ 0, then the coordinate axes, x1 and x2, coincide
with the directions of minimum and maximum curvatures;
and G12 ¼ 0. In general, we also have

G22�G11 ¼ g3
1
r20

� 1
r10


 �
cos 2ac;

G12 ¼ � 1
2
g3

1
r20

� 1
r10


 �
sin 2ac:

(12)
Other coordinate systems
For a local Cartesian coordinate system embedded in
a spherical polar coordinate system as shown in Figure 2a,
the first- and second-order derivatives are related to
corresponding derivatives with respect to the spherical
coordinates, as follows:

@

@x1
¼ � 1

r
@

@y
;

@

@x2
¼ 1

r sin y
@

@l
;

@

@x3
¼ � @

@r
; (13)

@2 1 @ 1 @2
@x21
¼

r @r
þ
r2 @y2

@2

@x1@x2
¼ cot y

r2 sin y
@

@l
� 1
r2 sin y

@2

@y@l
@2

@x1@x3
¼ � 1

r2
@

@y
þ 1

r
@2

@y@r
@2

@x22
¼ cot y

r2
@

@y
þ 1

r
@

@r
þ 1

r2sin2y
@2

@l2

@2

@x2@x3
¼ 1

r2 sin y
@

@l
� 1
r sin y

@2

@l@r
@2

@x23
¼ @2

@r2

(14)
with corresponding Laplacian operator

=2 ¼ @2

@x21
þ @2

@x22
þ @2

@x23
¼ @2

@r2
þ 2

r
@

@r

þ 1
r2

@2

@y2
þ cot y

r2
@

@y
þ 1

r2sin2y
@2

@l2
:

(15)

Usually the Earth is approximated by a rotational ellip-

soid, generated by rotating an ellipse with linear eccentric-
ity, E, about its semi-minor axis, identified as the polar
axis. Corresponding ellipsoidal (spheroidal) coordinates,
u; d; lð Þ, are shown in Figure 2b, where surfaces of con-
stant u are confocal ellipsoids and surfaces of constant d
are hyperboloids of revolution of one sheet. As for spher-
ical coordinates, surfaces of constant longitude, l, are
half-planes containing the polar axis. The local first- and
second-order derivatives with respect to Cartesian coordi-
nates (where the x3-axis is orthogonal to the confocal ellip-
soid that passes through the origin of the local system) are
related to the corresponding derivatives with respect to the
ellipsoidal coordinates, as follows:

@

@x1
¼ � 1

w

@

@d
;

@

@x2
¼ 1

v sin d
@

@l
;

@

@x3
¼ �w

v

@

@u
; (16)
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þ
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¼ 1

wv sin d
cot d

@
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� @2
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 �
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@

@d
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2w2

@
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 �
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þ u
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@
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þ 1

v2sin2d
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w sin d
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� uE2sin2d

w2

@
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@2
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 �

(17)



550 GRAVITY, GRADIOMETRY
where

v2 ¼ u2 þ E2; w2 ¼ u2 þ E2cos2d: (18)

The Laplacian operator is

=2 ¼ 1
w2

v2
@2

@u2
þ2u

@

@u
þ @2

@d2
þcotd

@

@d
þ w2

v2sin2d
@2

@l2


 �
:

(19)
Invariants
Being a second-order tensor, the gradients change under
a rotation of Cartesian coordinates from system s to sys-
tem t according to Gt ¼ Ct

sG
sCs

t , where Ct
s is the matrix

of appropriate direction cosines. For any arbitrary Carte-
sian system, s, there exists a rotation that diagonalizes
the tensor, Gs:

l1 0 0
0 l2 0
0 0 l3

0
@

1
A ¼ Gt ¼ Ct

sG
sCs

t : (20)

The diagonal elements, lj, are the eigenvalues of the gra-
dient tensor and are called invariants (with respect to coor-
dinate rotations). They are real numbers because the tensor
is real and symmetric. All combinations of eigenvalues are
also invariants.

Given the tensor, G, in some coordinate system, the
eigenvalues are roots to the following characteristic equa-
tion (det = determinant):

det lI � Gð Þ ¼ l� l1ð Þ l� l2ð Þ l� l3ð Þ
¼ l3 � I0l

2 þ I1l� I2 ¼ 0;
(21)

from which it is easy to show that, with the gradient ele-
ments as designated in Equation 5,

I0 ¼ l1 þ l2 þ l3 ¼ G11 þ G22 þ G33;

I ¼l l þ l l þ l l ¼ G G
1 1 2 2 3 3 1 11 22

þ G22G33 þ G11G33 � G2
12 � G2

23 � G2
31;

(22)

I ¼ l l l ¼ detG; (23)
2 1 2 3

and, therefore, these quantities are invariants with respect
to rotation. For example, Poisson’s Equation 6 implies
I0 ¼ �4pGr:

From Equations 22, we have I20 ¼ l21 þ l22 þ l23 þ 2I1:
If I0 ¼ 0 (e.g., above the Earth’s surface), then I1 < 0:
Pedersen and Rasmussen (1990) show that

0 � I � � I2
2


 �2 I1
3


 �3
,

� 1; (24)

and call I an indicator of two dimensionality. I ¼ 1 implies
that the source of the gradients is like a monopole and
I ¼ 0 implies that the generated field is invariant in some
direction, which means that the source is two dimensional
and can be described by a cross section.

Finally, we note that both GH (Equation 9) and Dk
(Equation 10) are horizontal invariants, that is, indepen-
dent of the azimuthal orientation of the local frame.

Models and modeling
As will be quantified later in this section, the gravitational
gradients, being second-order derivatives of the potential,
reflect primarily the short-wavelength, local features of
the Earth’s crust. For this reason, the forward modeling of
gradients due to sources has largely concentrated on formu-
lating the gradient signals of polyhedra of constant density,
which by suitable assemblage can simulate the local crust,
specifically the local topography. Given a regular distribu-
tion of elevation data for a particular region, the topography
may be modeled as a collection of right-rectangular prisms
whose vertical dimension is defined by an elevation data
point and whose base has dimensions equal to the horizon-
tal resolution of the data. Other options to model the topog-
raphy include triangular prisms (using a triangulation of the
elevation data) and any of several numerical integration
methods applied to (from Equation 2)

Gjk xð Þ ¼ G
Z

v

r x0ð Þ @2

@xj@xk

1
x� x0j j dv: (25)

The purposes of modeling gravitational gradients range

from validation of gradiometer accuracy to introducing
constraints on the geophysical inverse problem. As new
gradiometer systems are developed, particularly airborne
systems, determining their accuracy is aided by flying
over regions with well-known topographic elevations
and density contrasts. Comparing the measurements to
gradients forward modeled from the topography calibrates
the noise level and enables tuning of appropriate data fil-
ters. Conversely, detecting subsurface geologic features,
such as kimberlites (for diamond prospecting), from
gradiometric surveys is facilitated by knowing what to
look for in terms of a particular gradient signature. Thus,
even in the inversion of gradiometric data to infer sources,
forward modeling of structures plays an important role.

The gradients generated by constant-density, right-
rectangular prisms follow from Equation 25. If the prism
has dimensions bounded by Cartesian coordinates,
a1 � x10 � a2, b1 � x20 � b2, c1 � x30 � c2, the gradients
for points outside the prism are given by

Gjk xð Þ ¼ �Gr lnðx‘ � x‘
0 þ rÞja2x1 0¼a1

��b2
x2 0¼b1

���
c2

x3 0¼c1
;

(26)

� �b2 ��c2

Gjj xð Þ¼Grtan�1 xk �xk 0ð Þ x‘� x‘0ð Þ

ðxj�xj0Þr
���
a2

x1 0¼a1

����
x2 0¼b1

����
x3 0¼c1

;

(27)



GRAVITY, GRADIOMETRY 551
where r2 ¼ x1 � x10ð Þ2 þ x2 � x20ð Þ2 þ x3 � x30ð Þ2 and
where j; k; ‘ð Þ is a cyclic permutation of 1; 2; 3ð Þ. Using
these formulas to model the gradients associated with the
local topography is analogous to a numerical integration
of Equation 25 using the rectangular rule.

To take advantage of various other numerical integra-
tion techniques based on a discretization of the topo-
graphic surface, h x10; x20ð Þ; over an area, A, one first
integrates Equation 25 with respect to the vertical, x30:

Gjk xð Þ ¼ Gr
Z

A

Z
Tjk x;x1

0;x20ð ÞdA

�Gr
X
i1

X
i2

Tjk x; x1ð Þi1 ; x2ð Þi2
� �

DAi1;i2 ;

(28)

where the functions,

Tjk x; x1
0; x20ð Þ ¼

Zh x01;x
0
2ð Þ

0

@2

@xj@xk

1
r


 �
dx03; (29)

have well-defined analytic expressions (Jekeli and Zhu,
2006). The discretization indicated by Equation 28 then
may take any number of forms.

For example, it may also be desirable to express Tjk as
a Taylor series in h, in which case Equation 28 becomes
a series of two-dimensional convolutions on the plane:

Gjk xð Þ ¼ Gr
Z

A

Z X
n

1
n!

@n

@hn
Tjk
��
h¼0

hn
 !

dx1
0dx20 ;

(30)

where it is noted that Tjk is a function of x1 � x10 and
x2 � x20 (besides x3 and h). Discretized, such convolutions
can be evaluated rapidly using fast algorithms for the dis-
crete Fourier transform (Forsberg, 1985), provided the
variable, x3, remains constant (which is a limitation of
the method). Similar Fourier transform methods have also
been developed by (Parker, 1972), but found to be less
suitable (Jekeli and Zhu, 2006).

Other fast methods transform the volume integral
(Equation 25) to surface and line integrals along the theory
of Gauss (divergence theorem, etc.); Petrovic (1996) and
Tsoulis and Petrovic (2001) have developed
corresponding formulas for arbitrary polyhedra. In all
these cases, the underlying coordinate system is Cartesian.
Modeling gravitational gradients in spherical coordinates
that account for the convergence of coordinate lines of
a data grid, as well as the convergence of radial (height)
lines has not received much attention (see Smith et al.,
2001) since the gradients are influenced primarily by very
local topography.

Spectral models of the gravitational gradients can be
derived directly from corresponding models of the gravi-
tational potential, which exist in abundance for the global
field. The Legendre spectrum, GM R=ð ÞCnmf g, of the
potential, V, on a sphere of radius, R, represents its eigen-
values with respect to surface spherical harmonic func-
tions, �Ynm y; lð Þ; and because the potential satisfies
Laplace’s Equation 8 in free space, the potential for
r � R is given by

V r; y; lð Þ ¼ GM
R

X?
n¼0

Xn
m¼�n

R
r


 �nþ1

Cnm�Ynm y; lð Þ;

(31)

assuming no masses exist outside the sphere of radius, R,
and total mass, M. The spherical harmonic functions are
defined by

�Yn;m y; lð Þ ¼ �Pn; mj j cos yð Þ cosml; m � 0
sin mj jl; m < 0

�
(32)

where the functions, �Pn;m, are associated Legendre func-
tions of the first kind, fully normalized so that

1
4p

Z

s

Z
�Yn0;m0 y;lð Þ�Yn;m y;lð Þds¼ 1; n0 ¼ n and m0 ¼m

0; n0 6¼ n or m0 6¼m

�

(33)

Typically, a spherical harmonic model is given with

a limited spectrum up to maximum degree, nmax: The gra-
dients, Gjk ; corresponding to this model in a local coordi-
nate system, as shown in Figure 2a, can then be
determined using Equation 14. However, the spectrum
with respect to the surface spherical harmonics does not
exist for all the gradients. Specifically, any of the deriva-
tives in latitude destroy the orthogonality of the basis
(eigen-) functions on the sphere. It is easy to see that the
radial derivatives possess Legendre spectra.

Similarly, for a given ellipsoidal harmonic model with
coefficients, Ce

nm (Jekeli, 1988a),

V u; d; lð Þ ¼ GM
R

X?
n¼0

Xn
m¼�n

�Qn mj j iu E=ð Þ
�Qn mj j ib E=ð ÞC

e
nm
�Ynm d; lð Þ;

(34)

where �Qnm is the fully normalized associated Legendre
function of the second kind, the gradients in a local coor-
dinate system are obtained using the derivatives in Equa-
tion 17. None of the derivatives of the potential have
a Legendre spectrum with respect to the eigenfunctions,
�Ynm d; lð Þ because the geometry of the ellipsoid does not
admit to a decomposition formula for the Legendre poly-
nomials of cos d.

Usually, a local Cartesian coordinate system suffices to
model the spectrum of the gradients. In this case, the spec-
tra of all gradients may be derived from the spectrum of
the potential. Starting with the representation of the poten-
tial in terms of its Fourier spectrum, u f1; f2ð Þ, on a plane
(x3 ¼ 0) and including the harmonic extension into free
space (x3 > 0), we have
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V x1; x2; x3ð Þ ¼
Z?

�?

Z?

�?

u f1; f2ð Þe�2pf x3ei2p f1x1þf2x2ð Þdf1df2;

(35)

where f ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
f 21 þ f 22

p
and f1, f2 are spatial, cyclical fre-

quencies. The Fourier spectrum, G, of each gravitational
gradient on the x3-plane is obtained by applying the appro-
priate derivative. We have

G11 f1; f2; x3ð Þ ¼ �4p2f 21 u f1; f2ð Þe�2pf x3 ;

2 �2pf x3
G12 f1; f2; x3ð Þ ¼ �4p f1f2 u f1; f2ð Þe ;

2 �2pf x3
G13 f1; f2; x3ð Þ ¼ �i4p f1f u f1; f2ð Þe ; (36)

2 2 �2pf x3
G22 f1; f2; x3ð Þ ¼ �4p f2 u f1; f2ð Þe ;

2 �2pf x3
G23 f1; f2; x3ð Þ ¼ �i4p f2f u f1; f2ð Þe ;

2 2 �2pf x3
G23 f1; f2; x3ð Þ ¼ 4p f u f1; f2ð Þe :

These relationships can be used to determine any gradient
from any other gradient or from any derivative of the
potential. For example, the gradient, G13, at altitude, x3,
is the inverse Fourier transform of 2pf g f1; f2ð Þe�2pf x3 ,
where g f1; f2ð Þ ¼ �2pf u f1; f2ð Þ is the Fourier transform
of the vertical derivative of V (the gravitational accelera-
tion) at ground level. In such transformations, due care
must be exercised when calculating the higher frequencies
of the gradients if the original data have noise and are lim-
ited in resolution due to finite data spacing.

Reference field and power spectral density
The first-order approximation of the Earth’s gravity poten-
tial is the “normal potential,” which includes the centrifu-
gal component due to Earth’s rotation and whose defining
property is that it is constant on a co-rotating ellipsoidal
model for the Earth. It may be expressed by the spherical
harmonic expansion,

U r; y; lð Þ ¼GM

r
1�

X?
n¼1

J2n
a

r

� �2n
P2n cos yð Þ

 !

þ 1

2
o2

er
2sin2y;

(37)

where a is the semi-major axis of the ellipsoid, oe is
Earth’s rotation rate, and the coefficients are given by

J2n ¼ �1ð Þnþ1 3e2n

2nþ 1ð Þ 2nþ 3ð Þ 1� nþ 5n
J2
e2


 �
;

(38)

where e is the first eccentricity of the ellipsoid, and J2 is
the dynamical form factor related to the difference in prin-
cipal moments of inertia of the Earth, or also the polar flat-
tening of the ellipsoid (Heiskanen and Moritz, 1967;
Hofmann-Wellenhof and Moritz, 2005). The series (37)
is usually truncated at n ¼ 5 with entirely sufficient accu-
racy. For values of the defining parameters,GM , a, J2,oe,
of the current and past reference fields, see entry onGrav-
ity Field of the Earth.

The normal gravity potential, U, does not depend on
longitude due to the rotational symmetry of the ellipsoid;
and in view of Equation 14, only the local gravity gradi-
ents, G11, G13, G22, and G33 include a normal component.
A standard approximation for the normal gradient, GðUÞ

33 is
GðUÞ
33 � 3086� 10�9s�2, based on just the first term in

Equation 37. The common unit of measure for gravity gra-
dients is the Eötvös (1 E = 10�9s�2), in honor of the Hun-
garian geophysicist, Loránd Eötvös, who invented the
torsion balance (see Gravity, Gradiometry).

The residual potential, called the disturbing potential,
then gives rise to disturbing gradients, which may in some
instances attain an order of magnitude similar to the
reference part, especially in very mountainous areas
(e.g., Hein, 1977).

Globally, the power spectral density (psd) of the poten-
tial, defined on the sphere of radius, R, is given in terms of
its spherical spectrum by (Jekeli, 2010)

Fn ¼ 1
2nþ 1

GM
R


 �2 Xn
m¼�n

C2
nm: (39)

Corresponding radial derivatives have psd’s scaled by
fixed powers of the degree, meaning that they emphasize
the higher degrees or shorter wavelengths of the field.
Figure 3a shows the psd’s of the disturbing potential and
its first two radial derivatives (relative to the normal field)
according to the Earth Gravitational Model 2008
(EGM08, Pavlis et al., 2008).

Also shown (Figure 3b) is the cumulative contribution
of the disturbing field and its radial derivatives up to
a given degree, n, or resolution, where spatial resolution
(half-wavelength) in kilometers is given by
Ds ¼ 6; 371p n= , 6; 371 km being the mean Earth radius.
While about 99.3% of the disturbing potential is defined
by the field with wavelengths longer than 2,000 km, the
gravity disturbance (first radial derivative) comprises only
about 41.4% up to these wavelengths, and the disturbing
gradient barely has any (relative) power at wavelengths
longer than 200 km. Here, it is noted that the cumulative
contribution of the disturbing gradient is highly dependent
on the local field and is only an illustrative example. As
another example, Jordan (1978) provided a psd model
wherein 99.995% of the power of the disturbing gradient
is due to the density variations in the upper 150 m of the
crust, while this regime contributes 89% to the gravity dis-
turbance, and only 7% to the disturbing potential.

Measurement error analysis
All practical gravity gradiometers measure “gradients” by
differencing in one form or another the inertial accelera-
tions sensed by linear or angular accelerometers. In the



0

0.2

0.4

0.6

0.8

1

Resolution (half-wavelength) (m)

Disturbing
potential  

Gravity
disturbance  

Disturbing
gravity
gradient  

1�108 1�107 1�106 1�105 1�104 1�103 100 10 1

Degree, (n)
1 10 100

1�10–3

1�10–4

1�10–5

1�10–6

1�10–7

0.01

0.1
disturbing potential
gravity disturbance
disturbing gravity gradient     

Disturbing potential
Gravity disturbance
Disturbing gravity gradient     

1�103 1�104

a

b

Gravity, Gradiometry, Figure 3 (a) Power spectral densities of
radial derivatives of the Earth’s disturbing potential normalized
by the respective total variance. (b) Cumulative relative power of
each radial derivative as function of spatial resolution of the
field.

x0
i

x i

i-frame 

b-frame 

m 

xb

W ib
b

Gravity, Gradiometry, Figure 4 The geometry for the lever-arm
effect on the acceleration of m in the b-frame rotating with
respect to the i-frame.

GRAVITY, GRADIOMETRY 553
limit of infinitesimal separation, the model with linear
accelerometers can be used to derive the theoretical equa-
tion for gravity gradiometers in this case, which also offers
a general interpretation of measured gradients on
a moving platform. We start with the lever-arm equation
(Jekeli, 2000) for the output of an accelerometer (Figure 4)

ab ¼ ab0 þ gb0 � gb
� 	þ _Ob

ibx
b þ Ob

ibO
b
ibx

b; (40)

where ab is the inertial acceleration of a test mass, m, in
a frame (the b-frame) that rotates with respect to the
inertial frame (i-frame) with angular rate given by the vec-
tor, vb

ib ¼ ðo1 o2 o3ÞT, expressed in terms of a cross
product as

vb
ib�

� � ¼ Ob
ib ¼

0 �o3 o2

o3 0 �o1

�o2 o1 0

0
@

1
A: (41)

The acceleration of the b-frame in the i-frame is ai0 and the
location of the test mass (the lever-arm) in the b-frame is
xb. The gravitational acceleration of the b-frame (in
b-frame coordinates) is gb0 and that of the test mass is gb.
The last two terms of Equation 40 represent Coriolis and
centrifugal accelerations due to the frame rotation.

Taking the spatial derivative of Equation 40, analogous
to differencing the inertial accelerations of two test masses
in the b-frame, we obtain

@ab

@xb
¼ � @gb

@xb
þ _Ob

ib þ Ob
ibO

b
ib: (42)

The measured acceleration gradient is the combination of
the gravitational gradient and angular accelerations. Thus,
a gravity gradiometer must either be stabilized against
rotations with respect to the inertial frame or some other
realizable frame, or these rotations must be measured
independently with gyroscopes. An analysis of the
required accuracy of these measurements (or, equiva-
lently, of the stabilization) was conducted by Jekeli
(2006) and is summarized in Table 1. Each row of this
table corresponds approximately to commensurate sensor
errors (gradiometer and gyroscope). For typical airborne
gradiometer systems with noise levels in the range
1�10E=

ffiffiffiffiffiffi
Hz

p
, conventional high-accuracy gyroscopes

are sufficient to separate the gravitational gradients from
the non-gravitational components.

Due to the symmetry of the gravitational tensor,
Gb ¼ @gb @xb

�� 	
, and the anti-symmetry of Ob

ib, the
measurement of the full matrix, @abm @xb

�� 	
, permits some

simplifications, such as

Gb ¼ � 1
2

@ab

@xb
þ @ab

@xb


 �T
 !

þ Ob
ibO

b
ib: (43)

The next section offers further details on the measurement
of gravity gradients.
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Gradiometry
Whereas the gravity meter, or any other accelerometer,
senses the inertial reaction of a single test mass to an
applied force, the (gravitational) gradiometer senses the
difference of reactions from two test masses. In general
terms, one may think of a gradiometer as the juxtaposition
of two accelerometers and the sensed gradient as the ratio
of the acceleration difference to the baseline length
between them. As such, the gradiometer measures only
an approximation of the gradient at a point, which is ade-
quate for sufficiently small baselines. Measuring the entire
tensor of gradients (a “full-tensor gradiometer”) requires
a minimum of 12 accelerometers as shown in Figure 5,
although because some gradients share an accelerometer
in this configuration, the errors between them may be cor-
related. Completely independent measurements of all nine
tensor elements, therefore, require 18 accelerometers. On
the other hand, taking advantage of the tensor symmetry
and Laplace’s field Equation 8 brings the minimum to five
accelerometer pairs.

Most gradiometers actually are designed to sense com-
ponents of the differential curvature of the field
Gravity, Gradiometry, Table 1 Roughly commensurate (per
row) sensor errors in mobile gravity gradiometry. Emphasized
entries represent typical calibrated error levels for high-
accuracy components
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Gravity, Gradiometry, Figure 5 Conceptual minimal
configuration for a full-tensor gradiometer.
(Equation 12), and thus, they rely on Laplace’s equation
to determine the individual diagonal components. Specif-
ically, imagine that a gradiometer sensesG22 � G11,G12 in
the instrument frame. Combining three such devices with
mutually orthogonal orientation within the instrument sys-
tem (Figure 6) thus yields in addition to G12, G23, G31, the
components G22 � G11, G33 � G22, and G11 � G33. The
latter always sum to zero (except for measurement errors)
and cannot by themselves separate the diagonal elements
of the tensor. Nevertheless, it is common to refer to this
as a full-tensor gradiometer (FTG), even though effec-
tively only five of the nine tensor elements are sensed
independently.

The first instrument specifically designed to measure
the gravity gradient was the torsion balance, invented by
the Hungarian geophysicist, Lorand von Eötvös (1848–
1919), at the end of the nineteenth century. Prolific in
many endeavors of exploration geophysics, one of his pas-
sionate goals was to design an instrument that could sense
all gravity gradients (he left the vertical-vertical gradient
to others, since it would not be possible for his apparatus)
(Szabó, 1998). (We make the distinction in geodesy
between “gravitation” and “gravity,” where the latter
refers to measurements on the Earth’s surface and is the
vector sum of acceleration due to mass attraction (gravita-
tion) and the centrifugal acceleration associated with
Earth’s rotation.)

Eötvös adapted the concept of Coulomb’s torsion bal-
ance (designed to sense electrostatic forces) to measure
gravitational gradients. After several initial prototype
instruments, including the curvature variometer, which
was sensitive to the differential curvature components
(Equation 12), and the horizontal variometer, which mea-
sured the horizontal gradients (G13, G23), the final product
combined these into one instrument, shown in Figure 7.
Two equal masses, m, are attached to the ends of a beam
of length, 2‘, which is suspended by a platinum-iridium
(or, tungsten) wire that may twist about the vertical axis
in response to the curvature of the gravitational field. If
both masses were at the same height (h ¼ 0, in Figure 7),
the instrument would be the curvature variometer. With
the vertical offset of one mass, the instrument is also sen-
sitive to the horizontal gradients.

Assuming the beam has negligible mass, the torque on
the beam is

L ¼ rA � mgA þ rB � mgB; (44)
G11 – G22
G12

G33 – G11
G31

G22 – G33
G23

Gravity, Gradiometry, Figure 6 Mutually orthogonal
gradiometer sensors in the “umbrella configuration.”
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Gravity, Gradiometry, Figure 7 Eötvös’s original torsion
balance (Left, from Szabó, 1998, reprinted with permission,
Eötvös Lorand Geophysical Institute of Hungary.) and the more
modern version manufactured by the Eötvös Loránd
Geophysical Institute of Hungary, Budapest in the 1950s. (Right,
from Badekas, 1967.)
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where rA ¼ �x;�y; 0ð Þ and rB ¼ x; y; hð Þ are the position
vectors of the masses in a north-east-down coordinate sys-
tem with origin at the instrument center, and gA, gB are the
gravity vectors at these points. The torque component
about the vertical is

L3 ¼mx g2 x; y; hð Þ � g2 �x;�y; 0ð Þð Þ
þ my g1 �x;�y; 0ð Þ � g1 x; y; hð Þð Þ: (45)

To first-order approximation, the gravity components are

g1 ¼ G11xþ G12yþ G13z; (46)

g ¼ G xþ G yþ G z; (47)
2 21 22 23

which yields

L3 ¼ 2m x2� y2
� 	

G12þ 2mxy G22�G11ð Þþmh xG23� yG13ð Þ:
(48)

Here, the Gjk are gravity gradients as opposed to the grav-
itational gradients of the previous sections, as noted
above.

We may introduce the azimuth, a, of the instrument
with respect to north, such that x ¼ ‘ cos a and
y ¼ ‘ sin a. Then using the angular form of Hooke’s law,
L3 ¼ �t ya � y0ð Þ, Equation 48 becomes

�t ya � y0ð Þ ¼m‘2 G22 � G11ð Þ sin 2aþ 2G12 cos 2að Þ
þ m‘h G23 cos a� G13 sin að Þ;

(49)

where t is the torsion coefficient of the wire; y0 is the tor-
sion-free, zero-direction of the beam; and ya is the angle of
the beam relative to the zero-direction when the instru-
ment (casing) is placed at azimuth, a. Measurements at
several azimuths are required to determine all unknown
quantities: y0, G22 � G11, G12, G13, G23.

Eötvös designed several other versions, such as the
double torsion balance (two opposing beams) that he used
to study the equivalence of inertial and gravitational mass
(which Einstein postulated as intrinsically true for his gen-
eral theory of relativity; see Applications). Though quite
laborious and extremely sensitive to nearby masses in
the field, the torsion balance (several versions built by var-
ious manufacturers) was widely used for geophysical
prospecting of oil and gas in the early twentieth century
both in Europe and in the USA. Ultimately, it gave way
to the more efficient and equally accurate land gravity
meter (Nettleton, 1976; Chapin, 1998).

Gravity gradiometry did not regain significant attention
until the dawn of the space age since only gradiometers on
planetary probes can make in-situ measurements of the
gravitational field. Early developments of moving-base
gradiometers mimicked the torsional sensing apparatus,
similar, in principle, to Eötvös’s horizontal variometer,
but in a smaller package (thus sensing only G22 � G11
andG12 in a local frame; Equation 49 with h ¼ 0). In addi-
tion, by rotating the device about the axis perpendicular to
the mass baseline, the sensed gradients are modulated by
twice the rotation rate due to the symmetry of the mass-
baseline configuration. In this way, some of the errors
(such as accelerometer scale mismatches and misalign-
ments) that modulate at once the rotation rate, O, can be
separated in the frequency domain from the gradient sig-
nal that is modulated at twice this rate. That is, demodula-
tion of the output signal at frequency, 2O, effectively
filters these errors.

One of the earliest modern gradiometers was developed
by Hughes Aircraft Research Laboratories for a lunar
orbiter mission, the Hughes Rotating Gravity Gradiometer
(RGG) (Forward, 1981). Figure 8 shows a schematic of
the device that senses the relative torques on the two arms
that are coupled to the base by torsion pivots. Two dumb-
bells are required to distinguish the gravitational gradients
from torques on the case in a dynamic environment. Fur-
thermore, the rotation rate of the device is designed to be
half its mechanical resonant frequency so as to amplify
sensed gradients. A demonstration model of the RGG
(which was never put into operation) had a diameter of
14 cm and an accuracy of 1 E for a 10 s integration time
(Forward, 1981).

The Charles Stark Draper Laboratory of Cambridge,
Massachusetts, using its leading expertise in gyroscope
technology, also devised several gradiometer concepts
for moving-base applications. The “floated gradiometer,”
pictured in Figure 9a, was derived from the floated gyro-
scope whose buoyant/viscous/magnetic support system
is virtually insensitive to high levels of acceleration and
vibration. In this case, the device, like Eötvös’s torsion
balance, had two anomalous masses at different heights
(skewed mass configuration). If, for example, a ¼ �90�
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is substituted in Equation 49 (maintaining the north-east-
down coordinate system and indicating that the first axis
of the device points west, toward � x2), then the measure-
ment is the applied restoring moment, M, in response to
a deflection due to the gradients:

M ¼ t ya � y0ð Þ ¼ 2m‘2G12 � m‘hG13; (50)

where ‘ is the radius of the device.
On a stabilized platform with axes constrained to the

local north-east-down directions, a cluster of three such
devices (Figure 9b) yields measured moments:

M1 ¼ 2m‘2G12 � m‘hG13

M2 ¼ 2m‘2G12 þ m‘hG13

M3 ¼� 2m‘2G12 þ m‘hG23

(51)

which can be combined to yield the horizontal gradients,
G13 and G23. Derived from the differences of
corresponding torques (as shown), these measured gradi-
ents are insensitive to angular accelerations about the ver-
tical axis, the direction about which a north stabilized
platform is least accurate. Later designs used electrostati-
cally suspended spheres, with anomalous masses, that in
an appropriate triad configuration would constitute
a full-tensor gradiometer (with Laplace’s constraint) and
be less susceptible to platform jitter effects (Wells,
1984). Like the Hughes Aircraft instruments, the Draper
Lab gradiometers did not reach the production stage, but
did demonstrate very good performance in the laboratory.

Another concept that utilized device rotation to separate
the gradient signal from noise sources in the frequency
domain was the gravity gradiometer instrument (GGI) of
Bell Aerospace. The instrument consisted of pairs of
accelerometers mounted on a rotating disk as shown in
Figure 10, left. The input axes are perpendicular to the
radius of the disk and thus, in analogy to the Hughes Air-
craft RGG, their measurements may be thought of as pro-
portional to torques about the spin axis. Substituting
a ¼ Ot and a ¼ Ot þ p 2= for the respective pairs of accel-
erometers and M ¼ mr a1 þ a2ð Þ and M ¼ mr a3 þ a4ð Þ
for the respective torques into Equation 49 (with h ¼ 0),
the measurement equation, therefore, is given by

a1ðtÞ þ a2ðtÞ � a3ðtÞ þ a4ðtÞð Þ
¼ 2r G22 � G11ð Þ sin 2Ot þ 4rG12 cos 2Ot;

(52)

where O is the spin rate of the disk and t is time. The factor
of 2 on the right side comes from the dual pairs of acceler-
ometers. This instrument has been used for military and
commercial applications and today’s version (acquired by
LockheedMartin, Figure 10, right) has four pairs of acceler-
ometers per disk, thus, in essence, further doubling the sig-
nal amplitude in the output (Schweitzer et al., 2000).
However, three GGIs are still needed (e.g., in the configura-
tion of Figure 6) to obtain all elements of the gradient tensor.

The Bell Aerospace (Lockheed Martin) gradiometer is
currently operated for various geophysical and geodetic
applications by Fugro (the erstwhile BHP Falcon single-
disk system, Figure 11) and by Bell Geospace (full-tensor
gradiometer, with the original four-accelerometer disks).
The Falcon system is used primarily for airborne surveys,
while the Bell Geospace system is deployed on aircraft
and ocean vessels.

Satellite in-situ gravitational field measurements are
limited fundamentally to gradiometry. Aside from small
atmospheric drag forces and solar radiation (and Earth
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albedo) pressure, an Earth-orbiting satellite is in free fall.
Accelerometers on a satellite sense only the non-
gravitational forces, but a gradiometer, as on any moving
platform, senses the gravitational gradient (Equation 42).
Satellite gradiometry has a long, interesting, and ulti-
mately successful history. Besides the Hughes RGG
(which did not fly on a satellite), a major effort was under-
taken byNASA to put a superconducting gravity gradiom-
eter (SGG) into low Earth orbit in the 1980s. The SGG
was developed by the University of Maryland (Moody
et al., 1986; Paik et al., 1988) as an outgrowth of the tech-
nology of highly sensitive gravity wave detectors. Based
on accelerometers that use the magnetic flux exclusion
principle of superconducting bodies, the SGG was
designed primarily to sense the in-line gradients. Refer-
ring to Figure 12, left, as the gap between the
superconducting proof mass and the sensing coil changes
due to acceleration, the magnetic flux is forced out of the
sensing coil and into the input coil of a superconducting
quantum interference device (SQUID), which is able to
sense extremely small changes in the flux. The system
was not flown on a satellite but did contribute to physics
experiments involving the search for non-Newtonian
gravitational effects (see Applications).
In March 2009, the first satellite-borne gravity gradi-
ometer was launched by the European Space Agency
(ESA) into low Earth orbit (altitude = 255 km) for a 20-
month mission to map the Earth’s gravitational field glob-
ally to a resolution of 100 km, or better (Drinkwater et al.,
2003). The Gravity field and steady-state Ocean Circula-
tion Explorer (GOCE) gradiometer is a true full-tensor
device (Figure 13), based on three pairs of three-axis
accelerometers, separated pair-wise by 0.5 m, thus in prin-
ciple measuring all nine elements of the tensor, @ab @xb

�
(Equation 42).

However, each accelerometer has one weakly cali-
brated axis, due to the earthly 1-g laboratory environment.
As a consequence, the in-line components, @a1 @x1= ,
@a2 @x2= , @a3 @x3= , and the cross components, @a1 @x3= ,
@a3 @x1= are most accurate. The latter allow an accurate
determination of the angular velocity, o2, about the
normal to the orbital plane, which is greatest in
magnitude (Earth-pointing stabilization), since from
Equation 42 and the symmetry of the gravity gradient
tensor, we have

@a1
@x3

� @a3
@x1

¼ 2 _o2: (53)



Gravity, Gradiometry, Figure 11 Bell Aerospace (Lockheed Martin) GGI used on current terrestrial gradiometer systems. Left, the
Fugro Falcon single-axis system (Previously BHP Billiton, from van Leeuwen, 2000, reprinted with permission, Society of
Exploration Geophysics.); right, the full-tensor 3 GGI system of Bell Geospace (Murphy, 2004; reproduced with permission, Bell
Geospace). Both systems are shown on inertially stabilized platforms.
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As a consequence and since o and o are compara-
1 3
tively small, the most accurate gravity gradients obtained
by the GOCE gradiometer are the in-line gradients and
the cross gradient, G13.

Other types of gradiometers may be found discussed in
the literature and are at various stages in their develop-
ment. For example, a cryogenic gradiometer based on
the same principle as the Hughes Aircraft RGG was
constructed and tested by the Canadian company, Gedex
(Tryggvason et al., 2004). Stanford University has investi-
gated a gradiometer using dual cold-atom interferometer
accelerometers (McGuirk et al., 2002). And, MEMS
(micro-electro-mechanical systems) technology is being
applied to the manufacture of miniature gradiometers
(Flokstra et al., 2009). The reader is referred also to the
review by Difrancesco (2007).

Designing and using a gravity gradiometer system
requires consideration of several significant sources of
error. Gradiometers on a moving platform must detect
a very small differential gravitational signal buried in
a large-amplitude acceleration environment. An accuracy
of 1 E over an accelerometer baseline of 0.1 m implies bet-
ter than 7� 10�11 m=s2 accuracy in the sensed accelera-
tions, a resolving power that is challenging for most
accelerometers. Rotation of the gradient sensor has been
a key development to separate signal from noise in the
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frequency domain. Cryogenics is another solution, as is
the dynamically quiet environment of a space vehicle.

Essential error sources for accelerometer-based gradi-
ometers include the scale factor and bias stability of the
accelerometers, as well as the degree to which their scale
factors are matched and their sensitive axes are aligned.
These all determine how well the common linear acceler-
ation is rejected in the difference that ideally leaves only
the gravitational gradient (with proper stabilization).
Often, specialized electronic or mechanical devices or
procedures (rotation and induced shaking) are used to
eliminate or calibrate these erroneous effects.
A particularly important calibration is the self-gradient
of the vehicle that carries the gradiometer. Since the plat-
form is stabilized (e.g., in the local level frame), the rota-
tion of the vehicle about the platform creates a varying
gradient field due to the changing attitude of the vehicle
masses. This field must be calibrated, often using elabo-
rate procedures that place the vehicle in varying attitudes
while the gravitational field is constant (i.e., the vehicle
is stationary) – see (Jekeli, 1988b).

In summary, the development of instruments that mea-
sure gravitational gradients spans over 100 years; and,
despite a variety of system advancements, mostly to make
gradiometry mobile, many modern sensor concepts have
strong analogies to the original Eötvös curvature variome-
ter – they measure differential curvature parameters. In-
line differential accelerometers are only just being
deployed on a satellite system (GOCE) or are in develop-
ment for future systems. The 1 E accuracy of the Eötvös
torsion balance rivals or still bests the terrestrial mobile sys-
tems of today, but the latter have improved the integration
time vastly from many hours to tens of seconds, or better.
In principle, gradiometry relies primarily on the technology
of inertial sensors, and the theoretical limit in measurement
precision in many cases has not yet been reached at the
operational level. It is clear that gravity gradiometry is the
holy grail of precision gravimetry on moving platforms –
the future will see many more ideas and prototype sensors
added to the existing repertoire of instruments.
Applications
One of the more interesting applications of the torsion bal-
ance was Eötvös’s experimental validation of the equiva-
lence of inertial and gravitational mass, assumed by
Einstein in his theory of general relativity. Inertial mass is
the proportionality factor between velocity and linear
momentum (or, between acceleration and applied force);
while, gravitational mass is the proportionality factor
between gravitational acceleration and gravitational force.
Conceptually, the acceleration caused by the gravitational
attraction of a mass body need not be indistinguishable
from the acceleration caused by a force, such as propulsion,
friction, or similar physical action. Yet the assumption of
their equivalence led Einstein to his very successful theory.

Eötvös experimented already in the 1890s with the
question of dependence of gravitational attraction on the
composition of mass (continuing with Galileo’s experi-
ments that showed no such dependence). The idea of his
experiment is illustrated in Figure 14 showing that differ-
ent types of test masses on the beam of the torsion balance
might yield different gravitational accelerations that in
combination with the unchanging centrifugal acceleration
due to Earth’s rotation would yield a measurable deflec-
tion. Eötvös et al. (1922) found no deviation at the 5
part-per-billion level. If indeed, such a deflection is
detected, it could also be interpreted as evidence of
a non-constant gravitational constant, or an additional
non-Newtonian force (Fischbach et al., 1986; Fischbach
and Talmadge, 1992).

Another experimental test of Newton’s law of gravita-
tion involving gravitational gradients considers the sum
of in-line gradients, which for a Newtonian field must
sum to zero (Figure 15) in a vacuum (Laplace’s Equa-
tion 8). Moody and Paik (1993) used a swinging pendu-
lum in the laboratory to induce modulated in-line
gradients that were measured with their superconducting
gradiometer (see Gravity, Gradiometry). The sum of the
measured gradients was zero with a statistical variation
(s ¼ 3� 10�4 E) that placed further limits on any local
departure from Newton’s law of gravitation.
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The principal utility of the torsion balance and later the
gravity gradiometer was and is in geophysical exploration.
The Eötvös torsion balance (and its successors) played
a significant part, with over a hundred in operation world-
wide, in the exploration for oil and gas reservoirs in the
early twentieth century, 1918–1940. The achievable accu-
racy was as good as 1–3 E, but the measurements were
arduous, requiring up to 6 h per station. Thus, the torsion
balance quickly lost ground when the more portable and
robust, as well as sufficiently accurate spring-type gravi-
meters were developed in the 1930s and 1940s.

Gravity gradiometry in modern times is conducted
almost exclusively with mobile systems, in order to take
advantage of the increased resolution capability and avoid
the difficulty of separating the kinematic and inertial
accelerations, required in mobile gravimetry systems
(Jekeli, 2000). Submarine gradiometers are used to com-
pensate inertial navigation systems for the effects of grav-
ity, and shipborne gradiometers have been used for marine
gravity surveys. A significant investment has been made
by a number of commercial exploration companies to
use airborne gradiometers to map the gravitational field
at high resolution in search for minerals, such as diamonds
found in kimberlite pipes (Liu et al., 2001).

A long-standing goal of the space exploration agencies
(NASA, ESA, among others) for half a century has been
the gravitational mapping of the Earth (and other bodies
of the solar system) using a satellite-borne gradiometer.
This was realized finally starting in 2009 with the launch
of the GOCE satellite whose 2-year mission will provide
the highest resolution (100 km) global gravitational model
derived solely from a satellite (see Gravity, Gradiometry).
Such a detailed model of the global field will advance the
earth sciences in many fields, from oceanography to
regional tectonics and the dynamics of the upper mantle
and crust, and to polar ice sheets and glaciology.
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Definition
Any earthquake with magnitude over 8Mw. Alternatively,
any earthquake famous for one reason or another.
Introduction
Under the technical definition, one can find some very
obscure “great” earthquakes – a magnitude 8 earthquake
in the Southern Ocean is likely to go wholly unremarked
by the world’s media. Also, given the inherent imprecision
in magnitude scales, it is possible for an earthquake with
a magnitude of 8.0 to be successively promoted to and
demoted from the canon of greatness with each successive
revision.

If one took a sample of educated laymen and asked
them to name any earthquakes they could think of, one
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could be sure to get a few of the most recent high-profile
calamities; further back, the results might vary from coun-
try to country. In the central USA, probably many are
aware of the 1811 New Madrid earthquakes; in central
Europe, the name of the 1356 Basel earthquake might
come up, and so on. But probably not many could name
correctly the largest earthquake ever known, the 1960
Valdariva, Chile, earthquake, which reached 9.6 Mw in
magnitude, a value many seismologists suspect to be
a physical upper limit of earthquake size. This devastating
earthquake also produced a huge tsunami, which, on the
Chilean coast, pitched boats up to 3 km inland. (See
box-out: Ten Largest Earthquakes).

The title “largest earthquake ever” gives the 1960
Valdariva event an indisputable claim to greatness by
any reckoning. Other earthquakes are famous for
a variety of reasons: their place in history, the lessons
learned from them, their significance in the development
of seismology, or their sheer excessive destructiveness.
The earthquakes of 1356 and 1811 mentioned above are
both important for the same two reasons – they demon-
strate that significant earthquakes can still occur well away
from plate boundaries, and also that the historical record
can reveal potential threats in places not much remarked
for seismicity today.

The 1556 Shaanxi earthquake bears the record for being
the most deadly earthquake, with about 830,000 dead. The
figure of one million dead in one earthquake has not yet
been reached (contrary to some sources, the 20 May
1202 earthquake in the Levant did not kill this many;
Ambraseys and Melville, 1988), but, with several current
megacities dangerously exposed, it is feared that it is
only a matter of time. (See box-out: Ten Deadliest
Earthquakes).

There are probably three earthquakes that stand out as
the most unquestionably great earthquakes of history.
Firstly, the 1755 Lisbon earthquake: not only was this
(with its accompanying tsunami) one of the most deadly
and devastating earthquakes in European history (not for-
getting its impact on North Africa), but it sent shockwaves
throughout the whole of Western culture. Second, the
1906 San Francisco earthquake so ingrained itself into his-
tory that the very name of San Francisco conjures earth-
quakes to mind; to which must be added the important
role this event played in the development of seismological
theory. Lastly, the 2004 Sumatra earthquake, staggering in
its immensity, changed both the popular and professional
understanding of earthquakes.
1 November 1755: the advance of rationalism
Of all great earthquakes, the one with the most lasting
impact is certainly the Lisbon earthquake of 1755. Not
only did it destroy what was then one of the most impor-
tant cities in the world, the capital of the Portuguese
empire, it shook up the very development of Western phi-
losophy. Furthermore, it continues to be controversial
amongst seismologists to this very day.
The first of November is the feast of All Souls, one of
the most solemn occasions in the calendar of the Catholic
Church. It was on the morning of this day that a massive
earthquake struck somewhere off the coast of Portugal.
Damage occurred over a wide area across Portugal and
western Spain; significant damage occurred even in
Morocco. The shaking was perceptible throughout the
Iberian Peninsula and into France. Even beyond France,
long-period waves caused the agitation of water in ponds
and lakes at great distances – as far away as Scotland
(Loch Ness was disturbed) and Scandinavia.

The worst damage, however, occurred in Lisbon. The
churches, many of which collapsed, were packed with
worshippers when the quake struck, and casualties were
heavy. The sea then mysteriously withdrew, leaving fishes
floundering in the mud. Many ventured out from curiosity,
or to collect some of the fish. Shortly afterward the tsu-
nami roared in, surged up into the semi-ruined city, col-
lapsing many buildings that had already been damaged
by the earthquake.

All Europe was shocked, and not just by the scale of the
destruction. It was axiomatic in Christian thinking that all
prodigious events such as earthquakes were of divine ori-
gin. The milder ones were sent as a warning of God’s dis-
pleasure, the more severe ones were a punishment to send
mankind back on the path of righteousness. Furthermore,
this was true whether or not it was appreciated that such
events had natural causes, as many printed works of the
previous century explicitly argued: God works through,
and controls, the natural world. Whether or not earth-
quakes were due to natural causes (the dominant explana-
tion at the time was the Aristotelian view that earthquakes
were due to subterraneous winds), the timing and location
was divinely ordained (Walsham, 1999).

But the injustice of the destruction of Lisbon strained
this train of thought to breaking point. Not only did the
earthquake occur on one of the holiest days of the
Christian year – the godly citizens who were marking
the occasion by attending mass were killed, whereas sin-
ners who chose to spend the morning in playhouses or
brothels by and large escaped. If this was God’s judgment,
it was a very strange one. The earthquake was seized upon
by Voltaire as a means of attacking the optimistic school of
philosophy characterized by Leibniz (Kendrick, 1956). In
Lisbon, a decree was issued that anyone found preaching
that the earthquake was sent by God, should be put to
death.

For modern study of the 1755 earthquake, there are sev-
eral sorts of information that can be used to try and under-
stand which fault produced it. Firstly, there is the
distribution of earthquake effects; for most historical
earthquakes, analysis of the distribution of intensity is
the predominant means of location, though this is mark-
edly less easy for offshore events. Secondly, for
tsunamigenic earthquakes like 1755, the time and run-up
of the tsunami at different locations can be inverted to esti-
mate the parameters of the engendering fault rupture.
Thirdly, some use can be made of information from
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aftershocks. Since these are generally much smaller than
the main event, they are usually felt only at short dis-
tances. Lastly, in the case of a major earthquake, there
should be some geological trace of the structure that pro-
duced it.

In terms of available geological structures, there are
two main candidates, and a possible third. The first, and
most obvious, is the Gorringe Bank, a segment of the off-
shore plate boundary between Europe and Africa. This
was identified as the source of the 1755 earthquake by
Johnston (1996); it was also the location of a large earth-
quake in 1969, and the intensity distribution of the 1969
event resembled to some extent a scaled-down version of
the pattern observed from the 1755 event (Levret, 1991).

The second candidate is a more recent discovery –
a fault off the coast of Portugal trending NNE-SSW show-
ing signs of recent activity (Baptista et al., 1998). This was
named the Marquês de Pombal Thrust in honor of the man
who oversaw the reconstruction of Lisbon. This fault pro-
vides a good fit to the analyses of tsunami arrivals on the
Portuguese coast (Baptista et al., 2003). However, it
doesn’t seem very likely that an earthquake on this fault
would have caused damage in Morocco.

The third is a controversial suggestion by Gutscher
et al. (2002) and Gutscher (2004) that the causative feature
was an N-S aligned subduction zone in the Gulf of Cadiz,
dipping eastward under Gibraltar. Apart from the fact that
the very existence of such a feature is disputed, if this was
the source, it is hard to understand why Lisbon was
destroyed in place of Cadiz. The earthquake is well
described in Gibraltar itself, and damagewas insignificant.

There are still more problems though. Given that the
magnitude of this great earthquake must have been around
8.7 (Johnston, 1996), none of the faults described seem
long enough to host such a great earthquake. Recent sug-
gestions to account for this propose multiple near-
simultaneous earthquakes: Baptista et al. (2003) and
Baptista and Miranda (2005) propose a composite source
involving the Marquês de Pombal Thrust and a fault seg-
ment on the southern flank of the Guadalquivir Bank;
while Vilanova et al. (2003) have the second earthquake
on a fault in the Lower Tagus Valley, close to Lisbon.
The issue is still unresolved and controversial; the source
of this great earthquake is still an enigma.
18 April 1906: the archetype of earthquakes
The San Francisco earthquake of 18 April 1906 is of all
earthquakes, probably the most iconic in popular culture;
the one earthquake that practically any layman can men-
tion. As Davison (1927) remarked, “If the Californian
earthquake were the only shock known to mankind, the
attention paid to it could hardly have been more exclu-
sive.”Not only was it a major disaster in a romantic locale,
it even had a celebrity cast –Caruso being in the city at the
time. Thanks to the telegraph, the news spread quickly
round the world, much faster than had been the case in
1755.
As with the Lisbon earthquake, fire was a contributor to
the damage; but this time, the major contributor. Earth-
quakes are great fire starters, upsetting stoves, breaking
gas pipes. But they also hinder fire-fighting efforts. As
the fire gripped the city, much of which consisted of
wooden buildings, it was found that the water supply sys-
tem was also damaged by the quake. Unable to use hose-
pipes, the city authorities resorted to trying to control the
fire with a system of firebreaks. Unfortunately, this was car-
ried out somewhat ineptly. The black powder that was used
often simply set fire to the building being blasted; and
where it didn’t, it blew houses into clouds of matchwood
that easily ignited – the firebreaks being often created too
close to the advancing flames. Furthermore, no attempt
was made to check what the buildings marked for demoli-
tion actually contained. One such building, belonging to
the Viavi pharmaceuticals company, contained a huge store
of spirit alcohol. The resulting fireball so exacerbated the
fire that probably another 50 blocks in the northern part
of the city were destroyed as a result (Fradkin, 2006).

The final death toll is a matter of dispute; initial figures
of around 700 are clearly underestimates, partly for propa-
ganda purposes (reporters were encouraged to call it the
Great San Francisco Fire and play down mention of
the earthquake). Current estimates are about 3,000 dead
(Stover and Coffman, 1993).

From a seismological point of view, the 1906 earth-
quake is rather more straightforward than the 1755 event.
The fault it occurred on is not just known, it is perhaps the
most famous fault in the world: the San Andreas, forming
the plate boundary between the North American and
Pacific plates. This is a right-lateral strike-slip fault; the
fault rupture extended probably around 430 km including
the offshore extension, with a slip of over 6 m in places
(Lawson, 1908–1910; Segall and Liskowski, 1990;
Stover and Coffman, 1993). Since strike-slip faults are
limited in width to the thickness of the crust, this gives
a magnitude of only around 7.8 Mw. The felt area was
much less than that of the Lisbon earthquake, covering
only California and extending partially into Nevada and
Oregon (attenuation of seismic shaking is higher in Cali-
fornia than in Iberia).

The dislocation of fence posts across the fault trace
made it very obvious that the earthquake was due to fault
displacement. It was studying the 1906 rupture that led
Reid (1910) to develop the theory of elastic rebound,
which still underpins basic seismological theory today –
that a fault gradually deforms due to the build-up of crustal
stresses, until a locking asperity breaks, releasing energy
as the fault violently snaps. The connection between earth-
quakes and faulting was well-known at the time; Hoernes
(1878) held that the majority of earthquakes were tectonic
in origin, due to displacement along fractures related to
mountain building. As early as 1855, Lyell identified
repeated earthquake-related faulting in New Zealand
(Lyell, 1856), but it is not clear that he understood that
the fault produces the earthquake and not vice versa. The
earliest statement that dislocation on a fault actually
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causes earthquake shaking seems to be Mallet (1851), but
he was ahead of his time.

However, Reid’s fundamental understanding began
a new era in seismology, opening the door to the interpre-
tation of seismograms in terms of fault mechanics (Wald
et al., 1993; Agnew, 2002).

26 December 2004: cataclysm
Althoughmost of the world’s subduction zones are around
the Pacific, there are two in the Indian Ocean: on the
Makran coast of Iran and along the south coast of Sumatra
(extending to Burma in the north and bending round to
Java in the east). While the historical seismicity of Suma-
tra (including a major event in 1833) was by no means
unknown (Newcomb and McCann, 1987), it was not gen-
erally considered high on the list of potential localities
for catastrophe before the earthquake of Boxing Day
2004. The epicenter was off the Sumatran coast at the
northern end of the island, near Bandeh Aceh, and the rup-
ture propagated almost entirely northward, for
a staggering distance of 1,600 km (Nalbant et al., 2005),
reaching up to the Andaman Islands. The northern part
of the rupture zone, where the plate boundary is extremely
oblique to the direction of convergence, was almost
north–south in orientation. The resulting tsunami, instead
of heading off into the southern Indian Ocean as occurred
in 1833, headed due east and west, hitting crowded tourist
beaches in Thailand about 15 min later (shortly after
8 a.m. local time) and India and Sri Lanka 2 h after that.

The effect was literally a cataclysm (Gr: down-wash-
ing), as the waves swept inland up to about the 30 m mark
in some places, causing immense destruction. About
230,000 lost their lives, of which 167,000 were in Indone-
sia. It tends to be the case that most high-fatality earth-
quakes kill local people in substandard housing; this
event was exceptional in killing large numbers of foreign
tourists, which accounts in part for the great impact of
the event on public consciousness in the West. (For
a while afterward, journalists would enquire of seismolo-
gists “will there be a tsunami?” even in cases for earth-
quakes in central Russia.)

The result was a sudden impetus toward installing tsu-
nami warning systems in different parts of the world,
though perhaps not always with the understanding that
technical solutions are of limited use without the practical
means to evacuate people at risk in a timely fashion.
Given that no earthquake anything like as large had
occurred anywhere in the world since the 1960s, in the fol-
lowing days, the analysis of the earthquake tested the
methods of modern seismology in new ways. The shock
waves circled the globe, being distinctly recognizable
even on the third pass, and even altered the rotation of
the planet itself, the length of day dropping by up to
�5ms (Bizouard, 2005). The pole itself shifted by up to
2 mas (milli-arc seconds) toward 90�E (Bizouard, 2005;
1 mas equals an equatorial shift at the Earth’s surface of
3.1 cm). The difficulty for analysts was caused by the
excessive duration of the rupture; the unidirectional prop-
agation of the rupture took about 10 min to reach its termi-
nus. This complicated the seismic records as waves
propagating from different parts of the rupture at different
times over-wrote each other. The immediate impact was
the underestimation of the earthquake’s magnitude –
immediate press releases giving values of 8.5 or 8.7. Initial
attempts to model the slip distribution could only manage
the southernmost part of the rupture (Ji, 2004). The first
complete slip models were made by Ammon et al.
(2005) from a combination of body waves, intermediate
period waves and long period waves, and Vigny et al.
(2005) using an inversion of GPS data (the two models
disagree extensively).

Previously, it had been thought that such a large earth-
quake was impossible on this part of the Sunda thrust sys-
tem, on tectonic grounds, and due to parts of the system
having already broken in previous large earthquakes.
The fact that the 2004 earthquake ruptured through seg-
ments that had already recently ruptured has caused seis-
mologists to reassess the risk of great thrust earthquakes
in other areas (e.g., Suárez and Albini, 2009).

It was speculated at the time that the movement due to
the earthquake would increase the stress on the Great
Sumatran Fault, a strike-slip fault running the length of
the island, and bring this close to failure (Nalbant et al.,
2005). As of the time of writing, the expected event on this
fault has not yet occurred. Instead, a remarkable cascade
of events occurred on segments of the thrust zone south
of the 2004 rupture, including further great earthquakes
on 25 March 2005 and 12 September 2007 with magni-
tudes�8.5 Mw. Current estimates (e.g., Megawati and
Pan, 2009) are that there is still a potential slip in this part
of the system to make further great earthquakes on the
coast of Sumatra a continuing threat.
The ten deadliest earthquakes

A number of lists have appeared over the years purporting to give
the ten earthquakes with the highest number of fatalities. Many of
these are prone to easily avoidable errors, such as perpetuating fake
earthquakes like the notorious 1737 Calcutta event (see Bilham
1994 for the refutation of this) or the 893 Ardabil (Iran) earthquake.
However, compiling an accurate list is difficult, since for even rela-
tively modern earthquakes, death tolls are often inaccurate, given
the sheer difficulty of making a body count in the aftermath of
a major disaster (as witness the difficulty of estimating the death toll
in the 2010 Haiti earthquake). The problem is greatly multiplied for

historical earthquakes, where sources are vague, unspecific, or
exaggerated, and in most cases, there was no census to begin with.
The earthquake generally agreed to be the deadliest of all time is
the 1556 Shaanxi earthquake, with 830,000 deaths. This great
earthquake (M� 8) affected an area where many people were liv-
ing in loess caves, which collapsed, burying the inhabitants.
The second deadliest is probably the 1976 Tangshan disaster.

The death toll from this event has been a matter of controversy;
the earthquake occurred during the Cultural Revolution in China,
when news about disasters was generally suppressed. Shortly after
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the earthquake, a suspiciously accurate figure of 655,237 deaths
appeared in the Hong Kong media (South China Morning Post,
5 January 1977). The official death toll later released was
242,419 (Chen, 1988), though Marza (2004) suggests the true fig-
ure may have been over a million.
There are a number of earthquakes with death tolls in the region

of 200,000–300,000 that are hard to discriminate between. Willis
(1928) attributes 260,000 deaths to the Syrian earthquake of 115,
but a comprehensive review of the sources by Ambraseys (2009)
shows that while the death toll must have been very high, the total
figure is unknown. There are several candidates for third place.
The 1920 Ningxia earthquake killed 235,502 according to Utsu
(2002) and 160,000 according to Tiedemann (1992). The official
death toll of the 26 December 2004 (9.2 Mw) Sumatran earth-
quake is 227,898, mostly from the tsunami. The 1139 earthquake
in Ganjak, Azerbaijan is considered by Ambraseys and Adams
(1989) to have killed 230,000, a figure rejected by Guidoboni
and Comastri (2005) as exaggerated (considering the total popula-
tion of the affected area). Finally, the 12 January 2010 Haiti earth-
quake, at the time of writing, is believed to have killed around
220,000–230,000.
Events with death tolls around 200,000 include another Chinese

earthquake, in Shanxi province in 1303, with a death toll around
200,000 (Fu et al., 2005), and the 856 Qumis earthquake in Iran,
believed to have killed around 200,000 (Ambraseys and
Melville, 1982).
Next highest is undoubtedly the 1923 Kanto (Japan) earthquake

with 143,000. The only other earthquake (leaving aside events

with very doubtful high death tolls) with attributed deaths over
100,000 is the 1138 Aleppo earthquake, but this is another case
where, according to Ambraseys (2009), the actual figure is quite
unknown (Ambraseys, 1962 gives 130,000).
If one removed 1138 and 1139 from the list as too doubtful, the

next two events would be the Sichuan earthquake of 2008 with
87,587, and the 1908 Messina earthquake in Southern Italy
(82,000).
This gives us the following list (all magnitudes are moment

magnitude, Mw):

1. 23 January 1556 �8 Shaanxi (830,000)
2. 27 July 1976 7.5 Tangshan (240,000)
3. 16 December 1920 7.8 Ningxia (235,000)
4. 26 December 2004 9.2 Sumatra (230,000)
5. 12 January 2010 7.0 Haiti (230,000)
6. 17 September 1303 �8 Shanxi (200,000)
7. 22 December 856 �7 Qumis (200,000)
8. 25 September 1139 �7 Azerbaijan (high)
9. 1 September 1923 7.9 Kanto (143,000)
10. 15 October 1138 �7 Aleppo (130,000)

Numbers of fatalities are rounded to the nearest 1,000; the pre-
cise ranking is obviously conjectural, as the figures are really only
indicative of general loss levels. The distribution is shown in
Figure 1.
The ten largest earthquakes

Listing the ten largest earthquakes presents different problems.
For the period since 1900, it is possible, at least in theory, to pro-
vide indisputable magnitude values from instrumental data,
although figures are not precise for the very largest events. For
the pre-instrumental era, the situation is much harder. Early
attempts to convert historical data into estimates of magnitude
tended to rely on maximum intensity; however, this rapidly satu-
rates in large earthquakes. More sophisticated methods based on
intensity data fields are available (e.g., Sibol et al., 1987) but these
are unlikely to be accurate for very large events (the lack of cali-
bration is one problem).
Earthquakes around the 9.0 Mw mark are necessarily subduction
events – only large subduction thrust planes can provide large
enough rupture areas to accommodate the vast energies required.
Estimation of magnitude from noninstrumental data in such
cases cannot rely on intensity distribution, which is liable to be
incomplete, but really needs to be based on estimating rupture
area and displacement. It was possible, for instance, on the
morning of 26 December 2004, to see at once that the great
Sumatran earthquake was at least 9 Mw just by looking at the
huge extent of the aftershock distribution, which stretched for
over 1,000 km.
Since 1900, one can at least be certain that the catalog for very

large earthquakes is complete. Taking the Centennial Catalogue of
Engdahl and Villaseñor (2002) as a basis, one can list the ten larg-
est earthquakes since 1900 as follows (all magnitudes are moment
magnitude, Mw):

1. 22 May 1960 9.6 Chile
2=. 28 March 1964 9.2 Alaska
2=. 26 December 2004 9.2 Sumatra
4. 9 March 1957 9.1 Andreanof Islands
5. 4 November 1952 9.0 Kamchatka
6=. 31 January 1906 8.8 Colombia-Ecuador
6=. 27 February 2010 8.8 Chile
8=. 11 November 1922 8.7 Chile
8=. 25 March 2005 8.7 Sumatra
10=. 15 August 1950 8.6 Assam-Tibet
10=. 13 October 1963 8.6 Kuril Islands

The 2005 Sumatra earthquake, while not strictly an aftershock
of the 26 December 2004 event, was certainly triggered by it. It
was a very strange experience to be telling journalists that it was
“only” 8.7 and small in comparison to the Boxing Day earthquake.
It is somewhat remarkable that all the magnitude nines in the
twentieth century, accounting for most of the seismic energy
release of the whole century, occurred in the space of just 12 years,
from 1952 to 1964. The years 2004–2010 appear to be making
a similar spike in the energy release record.
The distribution is shown in Figure 2, which shows a very dif-

ferent pattern from Figure 1. The 2004 Sumatra earthquake is the
only one to appear on both lists. This should emphasize that the
deadliness of an earthquake generally owes more to its location
with respect to population centers, than to its size.
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Definition
Continental heat flow is the flux density of heat being
conducted to the surface of continents. It is expressed as
mWm�2. Heat flow is calculated as the product of temper-
ature gradient (mKm�1 or �C per km – a scale appropriate
to the dimensions of geological formations) and thermal
conductivity (W m�1 K�1).

Introduction
Terrestrial heat flow, Q, is estimated from the product of
temperature gradient (Г) and thermal conductivity (K),
according to:

Q ¼ K:G (1)

In practice, Г is derived from point measurements of

temperature at two or more discrete depths.K can be deter-
mined in situ, but for routine determinations of heat flow,
the most practical approach is to measure it on the surface,
either in the field or in a laboratory.

Beardsmore and Cull (2001) reviewed the various
options for applying equation 1. These usually involve
combining the harmonic mean thermal conductivity and
temperature gradient over discrete intervals of the temper-
ature profiles. Where there is significant thermal conduc-
tivity stratification, the “Bullard plot” is a useful method
for calculating average heat flow (see Figure 1). In this
method, temperature is plotted against integrated thermal
resistance, R, where R= z/K, z being the thickness of the
interval with mean conductivity K. If heat flow is constant
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
with depth, the relation is linear and the slope of the line is
the heat flow.

Uncertainty is inherent in heat flow determinations:

� As thermal gradient estimates become more precise
with increasing depth, thermal conductivity estimates
become less precise.

� The average thermal gradient and the average thermal
conductivity must be determined over the same depth
interval for a precise determination of heat flow.

� Because it is rarely practical to measure thermal con-
ductivity over an entire depth interval, assumptions
must be made as to how representative the measured
samples are of the entire depth interval.

� The thermal disturbance due to seasonal surface tem-
perature cycles may extend to a depth of several tens
of meters, so meaningful results can be obtained only
at greater depths.

� The diffusion of step changes in surface temperature
(e.g., from the retreat of glaciation) may affect heat flow
measurements down to hundreds of meters or more.

� Continental heat flow measurements, especially when
compared to measurements of heat flow beneath the
oceans, are complicated by significant lateral and tem-
poral variations in surface temperature.

� Surface heat flow on the continents is more likely than
oceanic heat flow to be distorted by near-surface varia-
tions in geological structures and topography.

Derived heat flow values may vary depending on the
depth and sampling strategy of the survey, so careful
thought should precede the design of any survey aimed
at quantifying regional terrestrial heat flow.

Temperature
The earliest measurements of temperature beneath the
earth’s surface were obtained from mines and tunnels.
As exploratory drilling for petroleum and minerals
90-481-8702-7,
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Heat Flow Measurements, Continental, Figure 1 A hypothetical rock sequence with thermal properties and unit thicknesses.
The thermal resistance, R, of each unit is equal to its thickness, z, divided by its thermal conductivity, K. A temperature–depth
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equal to the conductive heat flow. Heat flow in this example is 65 mW m�2.
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became widespread, temperature profiles obtained in
boreholes became the most common means of determin-
ing temperature gradients within the earth. Almost exclu-
sively, electronic thermometers deployed on a wire line
are currently used to measure temperatures within the
earth.

Temperature and depth measurements for heat flow
determinations need to be precise and accurate. Best prac-
tice calls for a precision of �0.001�C at �1 m intervals
over several hundred meters. Common transducers
include the following types:

� Thermistors: A thermistor is a bead of sintered metallic
oxide, commonly germanium. It has a large negative
temperature coefficient of resistance (typically �4%
per K), and is precise and accurate to 1 mK using sim-
ple, unsophisticated readout devices like off-balance
Wheatstone bridges and 4½ digit multimeters (DMMs)
(McGee and Thomas, 1988). Thermistor probes for use
in “normal” geothermal environments usually have
a resistance of between 3 and 100 KO at 25�C and pro-
vide useable readouts between about 0�C and 80�C,
above which their temperature sensitivity drops off
because of low resistance. Thermistors must be individ-
ually calibrated.

� Platinum Resistance Elements (RTDs): Platinum RTDs
have a small, positive temperature coefficient of resis-
tance and depending upon their construction and con-
figuration, can operate successfully up to 500�C (see
Tew and Strauss, 2001, for principles and standards).
Millidegree accuracy can be obtained with RTDs if
6½ digit DMMs are employed as readouts. RTD probes
for geothermal applications typically have a resistance
of 1 or 2 KO at 20�C. One advantage over thermistors
is the interchangeability of RTD probes within a batch
without the need for individual calibration.

� Diodes: Effective temperature sensors can be
constructed from ordinary semiconductor diodes. Such
sensors have a linear voltage or current response with
temperature, are of relatively small size, operate
over a limited temperature range (typically �40�C
to +120�C), are of low cost, and are quite accurate if
individually calibrated. Diode temperature sensors tend
to be less robust (electrically and physically) than other
sensor types, which tends to rule them out of most log-
ging applications. For stationary applications, however,
commercial semiconductor sensors are available that
provide an output signal as a voltage, a current,
a resistance, or as digital data.

� Fiber Optics: Distributed fiber-optic measurement of
temperature using the phenomenon of backscattering
is possible using commercially available instruments
with temperature resolution down to 0.01�C (Selker
et al., 2006). Instantaneous records of temperature dis-
tribution along entire lengths of fiber-optic cable at
intervals of �1 m up to 30,000 m can be obtained at
time intervals of fractions of a minute. Temperature res-
olution increases relative to the length of time over
which each measurement is recorded. This technology
holds great promise for repeated temperature profiles
in a well recovering from drilling-associated thermal
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Figure 2 A commercial divided bar utilizing Peltier devices as
heat source/sink. (Photo courtesy of Hot Dry Rocks Pty Ltd,
Australia.)
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transients, or for monitoring the thermal effects of
pumping or injection in “Hot Dry Rock” applications.
Förster et al. (1997) presented a comparison between
fiber-optic and conventional temperature logs.

Temperature Tools include the following types:

� Four-conductor connection to the surface. This mode
provides for accurate measurement of the resistance of
the temperature transducer. It requires that the leakage
resistance between conductors be effectively infinite,
a specification that can be met by manufacturers of geo-
physical logging cables. Significant leakage between
conductors is usually manifested as noise on the detec-
tor. The relatively high resistance of thermistors with
respect to typical logging cable makes them the most
suitable transducers for these tools.

� Down-hole oscillator with single-conductor transmis-
sion. Where suitable multi-conductor cables are not
available, the resistance element can be incorporated
into an oscillator circuit with temperature–frequency
dependence, independent of leakage between conduc-
tors (Doig et al., 1961).

� “Memory tools.” With or without onboard pressure
gauges, memory tools are deployed on a wire line. They
record down hole and store data in onboard memory.
The data are downloaded and read on the surface (Suto
et al., 2008).

� Fiber-optic cables: Henninges et al. (2005) described
the deployment of fiber-optic cables for both synoptic
temperature logs and long-term monitoring of
temperature.
Thermal conductivity
There are two basic approaches for thermal conductivity
measurement:

1. Steady State (divided bar)
2. Transient (point-, line- or plane- source)

The concept of the divided bar was originally intro-
duced by Prof. C.H. Lees in the nineteenth century. The
device is essentially a vertical “stack” within which
the temperature drop across a standard substance is
compared with that across a disc of unknown thermal con-
ductivity. Early versions were introduced in the 1930s by
Prof. E.C. Bullard at Cambridge and by Prof. Francis
Birch at Harvard. These adaptations featured a constant
heat source at the top of the “stack” and an isothermal sink
at the base. Adoption of a constant temperature difference
resulted in more rapid measurements (Beck, 1957). Sub-
stitution of Peltier devices for the constant temperature
water baths usually used provides hitherto unattainable
portability, economy and speed of measurement
(Antriasian, 2010; Figure 2). In the late 1960s, the divided
bar was adapted to the measurement of the thermal con-
ductivity of rock fragments, by far the most common
source of material (Sass et al., 1971).
Transient heat source methods can be applied in
a permanent laboratory, in mobile field laboratories, or in
certain circumstance within boreholes. In these tech-
niques, the rock is heated, and the temperature-time curve
of the heater element or a nearby point is analyzed to
obtain the thermal conductivity. In general, higher con-
ductivity rocks conduct heat away from the heater at
a greater rate and suppress the increase in temperature.

Line- or cylindrical- source methods present difficulties
in characterizing uniaxial (e.g., vertical) conductivity
because they conduct heat radially, rather than linearly,
away from the source. In homogenous sequences, conduc-
tivity is the same in all directions, but the values may be
significantly different in heterogeneous sequences. Point
source methods overcome this to some extent but require
higher operating power and may initiate convection (thus
negating the assumption of pure conduction).

J.C. Jaeger pioneered the concept of line- and cylindri-
cal heat sources for the measurement of thermal conduc-
tivity. Early attempts at implementation of his models
called for ingenuity in the use of analog recording devices
of fairly low sensitivity. Line-source methods in common
use include variations on the “needle probe” and half-
space techniques; e.g., Showa Denko (Ito et al., 1977)
and GeoForschungZentrum (GFZ) line-source units, see
e.g., Pribnow and Sass (1995), which also has
a description of the United States Geological Survey
(USGS) divided bar apparatus. Both units are available
commercially. K. Horai (1971) adapted the line-source
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technique to measurements on fragments. The USGS ver-
sions of line-source techniques were described in detail by
Sass et al. (1984).

Optical scanning
In the 1980s, Yuri Popov developed a rapid, non-
destructive method for measuring the thermal conductiv-
ity of large numbers of rocks using an optical scanning
technique. Flat and black-painted rock faces are aligned
with a known standard material along a track. A device
containing a laser heat source and an infrared radiometer
temperature sensor moves at a constant speed across the
surface of the samples. The radiometer measures the rise
in temperature of the samples due to the applied laser
pulse, and the temperature rise is then related back to the
thermal conductivity of the rocks. This method was ini-
tially met with skepticism in many laboratories, but
a three-way comparison among Popov’s method, the
USGS divided bar, and the GFZ line-source half-space
apparatus resulted in remarkable agreement over a large
range of thermal conductivity and a variety of crystalline
rock types (Popov et al., 1999).

In situ thermal conductivity measurement
in boreholes
The in situ measurement of thermal conductivity in verti-
cal boreholes generally presents great experimental and
logistical difficulties. In anisotropic rocks, it also mea-
sures conductivity in the wrong direction so that indepen-
dent measurements of anisotropy on core are required to
calculate vertical conductivity. Conductivity was mea-
sured in situ over a ~2 m interval of the KTB pilot core
hole (Burkhardt et al., 1990) as a demonstration of the fea-
sibility of the method.

During the boom in geothermal exploration in the mid-
to late 1970s, the importance of determining heat flow, as
well as temperature gradients became apparent. This was
coupledwith concerns over the security of explorationwells
in competitive lease areas. To address these issues, the
Geothermal Studies Project of the U.S. Geological Survey
developed a method for determining temperature gradient,
thermal conductivity, and thus, heat flow in situ over dis-
crete intervals during the drilling process (Sass et al., 1981)

Details of the technology can be found in Sass et al.
(1979) with the caveat that the electronics and computer
hardware described in that reference have since been
superseded.

More recently, Freifeld et al. (2008) have demonstrated
thermal conductivity profiling of entire boreholes by cou-
pling a down-hole line-source heating loop with
a distributed fiber-optic temperature system.

Sampling
Thermal conductivity can rarely be practically measured
over the full interval of interest. Certain sampling proto-
cols must be devised and followed to estimate the conduc-
tivity over significant depth intervals. This may involve:
� Characterizing the conductivity of individual geologi-
cal formations where these are largely homogenous

� Selecting samples from evenly spaced intervals as
a “random” sampling strategy

� Measuring mixtures of chips from sequential depth
intervals

Conductivity is temperature dependent and values mea-
sured in the laboratory should be corrected for in situ con-
ditions especially for very deep wells, and in geothermal
areas with high temperature gradients.

When no rock samples are available for measurement
of thermal conductivity, estimates can be obtained from
empirical relations between conductivity and well-log
parameters or by choosing a “flux plate”, a layer of more
than a few meters thickness composed of a rock type
whose conductivity has been characterized by measure-
ments elsewhere. (See Blackwell and Steele, 1989 for
a review of these methods.)

Summary
Heat flowing from the surface of the continents cannot be
measured directly. It is calculated as the product of the
temperature gradient (most often measured in boreholes)
and the thermal conductivity of the formation within
which the temperature gradient was measured. Thermal
conductivity can be measured in situ, but by far the major-
ity of measurements are made on rock samples from the
borehole, or from nearby outcrops of the relevant
formations.

Temperatures are usually measured by electronic trans-
ducers deployed on multi-conductor electrical cables or
incorporated into “memory tools,” which are lowered into
the borehole on steel or alloy wires. Fiber-optic cables can
also be inserted into boreholes to provide synoptic temper-
ature profiles or a time series of profiles.

A variety of techniques, based on both steady-state and
transient heat flow, can be used to characterize the thermal
conductivity of rock specimens. Optical scanning
methods provide rapid estimates of thermal conductivity
and are valuable reconnaissance tools complementary to
the conventional techniques.
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HEAT FLOW, CONTINENTAL
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Synonyms
Heat flow; Heat flow density; Heat flux, land; Terrestrial
heat flow

Definition
Heat flow. The outward flow of thermal energy by conduc-
tion from within the Earth through the solid surface of the
Earth.
Continental heat flow.Heat flow from the continental crust
or lithosphere, which are those portions of the plates that
are not directly formed by seafloor spreading at mid-ocean
ridges and are not generally subducted.

Introduction
Heat flow is a fundamental property of the Earth. The
Earth is a heat engine that drives plate tectonics and intra-
plate processes such as hot-spot volcanism unrelated to
plate margins. Heat flow, the outward flow of thermal
energy from within the Earth through the solid surface of
the Earth, is a measure of the thermal energy that drives
this heat engine. In addition, temperature in the Earth,
which is closely related to heat flow, is a primary parame-
ter controlling physical properties of materials within the
Earth. In general, areas of high heat flow are underlain
by higher temperatures, at least at shallow depth, than
areas of low heat flow. We seek therefore to know the dis-
tribution of heat flow from the surface of the Earth and to
understand the factors that control its variations.

The primary factor controlling the distribution of heat
flow is the type of lithosphere, continental or oceanic. Con-
tinental lithosphere is generally relatively old (>500 Ma)
and the dominant mechanism of heat transfer through this
lithosphere is conduction. A significant portion of heat flow
from this lithosphere is generated by radiogenic heat pro-
duction in the continental crust. In contrast, oceanic litho-
sphere is young (<200 Ma), heat is convected into this
lithosphere as it is formed at mid-ocean ridges and it has
very little internal radiogenic heat production (see Heat
Flow, Seafloor: Methods and Observations). A variety of
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geologic processes modify continental lithosphere and
most of these processes also modify the thermal regime.
In addition, the upper continental crust commonly hosts
moving groundwater that redistributes heat in the upper
crust. Thus, the long and complex history of continental
lithosphere, significant and lateral variability in radiogenic
heat generation, and redistribution of heat by groundwater
combine to make continental heat flow heterogeneous.

Fourier’s law
Under conditions of steady state, heat flow, q, is a function
of thermal conductivity, K, and temperature, T, given by
Fourier’s law:

q ¼ �KHT ; (1)

where ∇ is the gradient operator. This equation assumes
that thermal conductivity is isotropic, that is, it does not
change with direction. In general, spatial changes in ther-
mal conductivity and anisotropy must be considered.
The negative sign in the equation recognizes that heat
flows from higher temperatures to lower temperatures
and that flow of heat is in the opposite direction to the tem-
perature gradient. On average, Earth heat flow is primarily
vertical and the vertical component of heat flow, qz, is
commonly quoted:

qZ ¼ �K
@T
@z

; (2)

where z is depth. In practice, the subscript and negative
sign are commonly omitted:

q ¼ K @T=@z: (2a)

The working units of q, K, and @T/@z are mWm�2,

Wm�1 �C�1 or Wm�1 K�1, and �Ckm�1, respectively.

Under transient conditions the heat conduction
equation in one dimension becomes:

@T
@t

¼ k
@2T
@z2

; (3)

where t is time and k is thermal diffusivity, given by
k=K/rc, where r is density and c is specific heat. The
general working units for t and k are s and mm2 s�1,
although Ma and km2Ma�1 are also sometimes used.

If heat generation, A, is also included, the heat flow
equation becomes:

@zT
@zz

� 1
k
@T
@t

þ A
K

¼ 0: (4)

The working units for radiogenic heat generation, A, are

mWm�3.

Geothermal gradient
The rate of increase in temperature with depth, @T/@z, is
the geothermal gradient. This term is usually reserved
for zones over which heat is transferred by conduction
and the rate of increase in temperature with depth is
linear (see Heat Flow Measurements, Continental), but if
detailed temperature data are not available or gradients
are estimated from oil-well bottom-hole temperatures, an
approximate average geothermal gradient may be given.
The profile of temperature plotted as a function of depth
is the geotherm.

Geothermal gradients range from very low to near zero
in fore-arc regions, the zones between subduction zones
and their associated volcanic belts where heat is convected
downward by the subducting lithosphere. Similarly, low
gradients are found in zones of groundwater recharge.
Gradients in excess of 20,000�Ckm�1 have been mea-
sured at one location in the upper few meters of the sedi-
ments beneath Yellowstone Lake inside the caldera of
Yellowstone National Park, Wyoming, USA (Morgan,
et al., 1977), but such high gradients are buffered by the
boiling point curve of water as soon as temperatures reach
the boiling temperature at depth. Thus, there is a very wide
range of geothermal gradients in the upper continental
crust. Temperatures are ultimately controlled by the boil-
ing point curve of water in the uppermost crust and then
the solidus curves of the crust and mantle lithosphere,
and temperatures at depth generally do not range as widely
as shallow geothermal gradients might suggest. Thermal
conductivity varies by a factor of about 5 in the main
rock types that comprise the continental crust (see Ther-
mal Storage and Transport Properties of Rocks, I: Heat
Capacity and Latent Heat): there is some variation in heat
flow associated with changes in thermal conductivity, but
the most significant variations in heat flow are accompa-
nied by changes in geothermal gradient.
Sources of heat
There are two sources of heat contributing to continental
heat flow, heat that enters continental lithosphere from
below, and heat generated within the continental litho-
sphere (see Energy Budget of the Earth). Although the
Earth beneath the lithosphere has thermal energy that must
ultimately be lost to the surface either through the litho-
sphere or in the process of the formation of new oceanic
lithosphere at mid-oceanic ridges, there is no requirement
where or when that heat must be lost, that is, there is no
constant basal heat flux that flows into continental litho-
sphere. The thermal boundary condition at the base of
the lithosphere is probably more accurately described as
a constant temperature boundary, and this constant tem-
perature may be maintained either by small-scale convec-
tion and/or lateral flow in the asthenosphere. Heat flow
into the base of the lithosphere is then determined by
the thermal conductivity structure of the lithosphere, the
thickness of the lithosphere, heat production within the
lithosphere, and its surface temperature. The resulting
thermal profile is disrupted during major deformation of
the lithosphere or changes in its boundary conditions.

By far the largest source of heat within the lithosphere
is radiogenic heat production from the decay series of
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the unstable isotopes 232Th, 235,238U, and 40K. These iso-
topes all have half-lives of the same order as the age of
the Earth and thus remain sufficiently abundant to be sig-
nificant and continue to decay at a rate that is significant in
terms of heat production (see Radiogenic Heat Production
of Rocks). Other radiogenic isotopes are important for
age dating, such as 87Rb, 147Sm, and 187Re (see Absolute
Age Determinations: Radiometric), but the heat produced
by the decay of these isotopes and other isotopes used for
age dating is insignificant. Uranium, thorium, and potas-
sium are incompatible elements and tend to be concen-
trated in silicic magmas. Hence, they are depleted in the
mantle during crustal formation and generally concen-
trated in the crust in silicic rocks. Heat flow data show that
their concentrations in large silicic plutons are relatively
predictable from surface measurements (Roy et al.,
1968), but their distributions are less predictable in meta-
morphic and sedimentary terrains (see Lithosphere, Conti-
nental: Thermal Structure). Measurements indicate that
from as little as less than 20% to as much as 80% of
heat flow may be derived from crustal radiogenic heat
generation. Typical values of heat production for crustal
rocks range from <0.1 mWm�3 for basic igneous rocks
to >6 mWm�3 for radiogenic granites.

Other crustal heat sources include frictional heat from
faults and heat from chemical reactions. Attempts to mea-
sure heat associated with active faults have generally
failed to detect heat or produced inconclusive results.
The primary chemical reaction that has been observed as
a heat source is the oxidation of pyrite, but any exothermic
metamorphic or weathering reaction is a potential heat
source. However, friction and chemical heat sources are
likely to be only local in extent and minor in terms of the
total continental thermal budget.

Mechanisms of heat transport
In stable continental crust, the primary mechanism of heat
transfer is conduction as described by Fourier’s law
(Equations 1 and 2). In the mantle, the effects of radiative
heat transfer may be significant as olivine has a significant
component of radiative heat transfer above a temperature
of about 500�C. This radiative component may be
included in Fourier’s law by substituting a temperature-
dependent value of thermal conductivity that includes
a correction for radiative heat transfer.

Even in stable regions, heat may be redistributed in the
upper few kilometers by groundwater flow. In stable
regions the geothermal gradient is seldom high enough to
drive free convection (see below), and groundwater flow
is driven by differences in elevation of the piezometric sur-
face (water table). Heat transferred by the forced vertical
flow of groundwater, qgw, may be approximated by:

qgw ¼ �vcw dTj j; (5)

where �v is the equivalent vertical velocity if the porosity
were 100%, cw is the specific heat of water, and |dT | is
the absolute temperature drop over the vertical extent of
the water flow. Heat transfer will be in the direction of
water flow and heat flow is decreased in areas of recharge
and increased in areas of discharge. This type of convec-
tion is termed forced convection or advection.

If the geothermal gradient is sufficiently high, water
flowmay be driven by thermal buoyancy forces. The mag-
nitude of the gradient required for the onset for thermal
convection depends on the geometry of the heat source
and the medium in which convection occurs (e.g.,
Turcotte and Schubert, 2002, p. 393 et seq.). For
a homogeneous porous layer of permeability km2 and
thickness b km heated uniformly from below, the mini-
mum thermal gradient, (@T/@z)min, required for convection
to occur is given by:

@T
@z

� �

min

¼ 4:2x10�10

kbz
: (6)

This minimum gradient may not sustain convection and

a higher gradient may be required for continuous convec-
tion. Convection driven by thermal buoyancy forces is
termed free convection.

Heat will also be convected when there are net vertical
movements within the lithosphere associated with deforma-
tion or changes in either the top or bottom boundaries of the
lithosphere. In general, extensional deformation causes
thinning of the lithosphere resulting in a net upward move-
ment of the material in the lithosphere relative to its surface
and a compression of the isotherms, or horizons of equal
temperature within the lithosphere (Figure 1a). In contrast,
compressional deformation causes thickening of the litho-
sphere resulting in a net downward movement of the mate-
rial in the lithosphere relative to its surface and an increase
of the spacing of the isotherms within the lithosphere (-
Figure 1b). For simplicity, deformation in Figure 1 is shown
to be 100% by pure shear and uniformly distributed
throughout the lithosphere, a highly unlikely distribution
of geological strain. As shear strength changes from brittle
to ductile laterally and with depth throughout the litho-
sphere, the strain distribution is always much more com-
plex: zones of simple shear, imbricated layers, and other
complexities typically characterize lithospheric deforma-
tion. However, at a lithospheric scale, the net material
movements and compression and extension of the
geotherms illustrated in Figure 1 are valid.

Stable continental lithosphere has a relatively low heat
flow corresponding to a low geothermal gradient and
strong lithosphere. These conditions are not favorable
for deformation. Observations indicate that deformation
commonly occurs in lithosphere that is still recovering
from a previous thermal event or has experienced
a preceding thermal event. This thermal event may be
manifested in the form of volcanism in which heat is
advected in the lithosphere by ascending magmas. Heat
transfer by magmas is conceptually similar to heat transfer
by groundwater described by Equation 5, if the specific
heat of magma is substituted for the specific heat of water.
Additional heat is released from a magma during
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Heat Flow, Continental, Figure 1 Diagrammatic examples of the effects of instantaneous pure shear deformation on lithospheric
isotherms. Both diagrams have the same thermal conditions in undeformed lithosphere (no extension and no compression)
calculated for a 35 km thick crust with a surface heat flow of 40 mWm�2, a surface heat production of 2 mWm�3, and a crustal
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thinning the lithosphere by a factor of 2 by extending the lithosphere by a factor of 2. (b) shows the effect of doubling the thickness
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solidification, and this heat is represented by the latent
heat of solidification. Many analytical solutions for con-
ductive modeling of magma intrusions may be found in
Carslaw and Jaeger (1959) and other references, and these
processes may also be modeled numerically. Magma gen-
eration may be initiated from below the lithosphere by the
ascent of hot material to the base of the lithosphere (mantle
plumes?) generating magmas by pressure-release melting
and raising the temperature at the lower boundary of the
lithosphere. Additionally magmas may be generated
within the lithosphere by pressure-release melting and
the melting of lower-melting temperature components
within the lithosphere.
Once deformation is initiated additional magma gen-
eration will be initiated. The net upward movement of
material during extension may trigger pressure-release
melting, especially if the lithosphere has been preheated
by pre-deformation magmatism. During compression,
there is a net syn-deformational lowering of the
geotherm. However, thickening of the crustal layer of
radiogenic heat-producing elements will generally cause
the geothermal gradient to return to a higher value than
its initial value. This higher geotherm may result in melt-
ing of the thickened crust and crustal derived
magmatism, the results of which are commonly observed
in belts of compressional deformation. Thus, magmatic
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convection of heat is an important heat transfer mecha-
nism that commonly accompanies heat convection by
tectonic deformation.

Finally, there is heat convection associated with
changes at the Earth’s surface. In discussing deformation
and magmatism, the effects of these processes on surface
elevation were ignored. Cooling oceanic lithosphere as it
ages away from oceanic ridges results in a relatively sim-
ple change in depth of the ocean floor (seeHeat Flow, Sea-
floor: Methods and Observations). A similar, but more
complex relation exists for the thermal and density struc-
ture of continental lithosphere (Lachenbruch and Morgan,
1990; Isostasy, Thermal). Changes in surface elevation are
generally accompanied by either erosion or sedimentation
with the net result that the material in the lithosphere has
a net movement either up or down relative to the surface,
respectively. If the rates of erosion or sedimentation are
known, a correction may be applied for these effects. If
erosion creates three-dimensional topography, a terrain
correction may also be applied. Not strictly a heat transfer
mechanism, but changes in surface temperature associated
with past climate change or changes in land use may also
change surface heat flow and a correction may be applied
for these perturbations.

The duration of a thermal disturbance associated with
thermal convection in the lithosphere depends primarily
on the stable thickness of the lithosphere and its thermal
diffusivity. There is no standard for defining this duration
as temperatures relax asymptotically to their stable values,
and the form of this return depends on the structure of the
thermal disturbance, which may be highly variable and
very complex in continental deformation with
magmatism. However, a useful guideline for the duration
of the thermal disturbance, t, is:

t ¼ Lz

4k
(7)

where L is the stable thickness of the lithosphere and k is
its thermal diffusivity. For example, using an average ther-
mal diffusivity of 32 km2Ma�1 and a thickness of 100 km
for stable oceanic lithosphere, the calculated duration of
the thermal disturbance is about 78 Ma. Oceanic crust is
observed to flatten at about 70–80 Ma. For continental
lithosphere, if the stable thickness of this lithosphere is
100 km, the duration of the thermal disturbance would
be about 78 Ma; if the stable thickness were 150 km, the
duration would be �175 Ma; if the thickness were
200 km, the duration would be�310 Ma; and if the stable
thickness were 250 km, the duration would be �500 Ma.
These durations are from the start of stabilization: if
a deformation and magmatism event were followed by
significant erosion or sedimentation, the duration of the
thermal stabilization would not begin until the end of the
erosion or sedimentation. However, as the effects of sedi-
mentation and erosion are relatively minor, their measur-
able effects would probably be dissipated before the end
of the formal disturbance duration.
Global distribution of continental heat flow
The global distribution of continental heat flow is shown
in Figure 2a. The density of data is far from uniform
(Figure 2b), but there are sufficient data that some general-
izations about the heat flow distribution may be made. In
general, high heat flow corresponds with zones of active
seismicity, which in turn correlate with plate margins.
Where the zones of seismicity are diffuse, such as the
western US and the Himalaya, the plate margin deforma-
tion is distributed and the zones of high heat flow are
extensive. Some portions of active plate margins are asso-
ciated with low heat flow, such as the western margin of
South America and the Pacific Northwest of the USA,
west of the volcanic Cascade Range. These areas overlie
subducting oceanic lithosphere where heat is being
convected down into the mantle. Associated with these
low heat flow zones is a rapid lateral transition to high heat
flow in the active volcanic zones of the subduction zones.
In addition, plate margins are generally associated with
elevated topography, which received more precipitation
than low elevations and in which heat flow is generally
more variable because of redistribution of heat by forced
and free groundwater convection.

The association of high and low heat flow with active
plate margins is demonstrated in a plot of mean heat flow
as a function of age of heat flow site (Figure 3). Data are
shown for sedimentary and metamorphic sites in Figure 3a
and igneous sites in Figure 3b. The data for sedimentary
and metamorphic sites (Figure 3a) show a small decrease
from Cenozoic and Mesozoic to Paleozoic sites and from
Paleozoic to Proterozoic sites, and a larger decrease from
Proterozoic to Archean sites. This result suggests that the
plate margin disturbances are relatively minor in the Phan-
erozoic sedimentary and metamorphic site data. In the
igneous site data (Figure 3b), however, there is a signifi-
cant decrease in both the mean and standard deviation
from both Cenozoic to Mesozoic and from Mesozoic to
Paleozoic sites. There is almost no difference in the mean
from Paleozoic to Proterozoic sites. The data are the same
for Proterozoic and Archean sites as Figure 3a. The igne-
ous site data clearly show thermal perturbations with ages
extending into Mesozoic age sites relative to older sites.
This result is consistent with a continental lithospheric
thickness of the order of 200 km. The observation that the
igneous site data show a perturbation at young ages but
there is only a small signal in the sedimentary and meta-
morphic site data suggests that the sedimentary and
metamorphic site data are dominated by sedimentary sites
and that these sites are either distant from plate boundaries
or high heat flow is suppressed at these sites by downward
advection of heat by advection during sedimentation.

The difference between the mean heat flow at Protero-
zoic and Archean sites has be commented upon from pre-
vious compilations of global heat flow data (Morgan,
1985) in addition to this data set (Artemieva and Mooney,
2001). To explain this difference as a transient effect
would require a lithosphere of the order of 500–600 km
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in thickness, which is probably unrealistic. However,
a mean heat flow difference of 7 mWm�2 may be
explained in terms of a difference in the contributions of
the mean heat production of Proterozoic and Archean
crusts to their heat flows. Assuming an average crustal
thickness of 35 km, an average difference of 0.2 mWm�3

would explain the difference between the mean measured
heat flow at Archean and Proterozoic sites. This difference
is not universally observed in all areas (Jaupart and
Mareschal, 1999; Lithosphere, Continental: Thermal
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In summary, the global distribution of continental heat
flow is complex. Neglecting measurement errors (see
Heat FlowMeasurements, Continental), variations associ-
ated with surface temperature changes, uncorrected topo-
graphic effects, and anomalies induced by changes in
surface cover, heat flow may be described as steady state
or transient. At any site, near-surface heat flow may be
redistributed by groundwater flow, but this is most likely
at sites with high elevation and rugged topography that
are likely to have experienced relatively young (Cenozoic
or Mesozoic) mountain building and/or igneous activity.
Transient thermal perturbations in the lithosphere associ-
ated with tectonic deformation and/or igneous activity will
dissipate with time and are likely to be restricted to heat
flow sites in lithosphere with Cenozoic or Mesozoic tec-
tonic or thermal ages. To distinguish tectonic and igneous
ages from sedimentary ages, the term tectonothermal age
is commonly used to describe the age of heat flow sites.
Data from sites with tectonothermal ages Paleozoic and
older are generally expected to be in steady state unless
erosion or sedimentation are significant.

Igneous activity always heats continental lithosphere but
deformation may either raise or lower the geothermal gradi-
ent (Figure 1). There is therefore no predictable anomaly for
continental lithosphere at or near plate margins. The wide
range in observed heat flow measured at young sites is in
part associated with redistribution of heat by groundwater
flow, but also associated with the real range in anomalies,
both positive and negative, generated by deformation.

Whether the heat flow and geotherm be transient or
steady state, significant variation among sites may occur
associated with crustal radiogenic heat generation. Heat
generation in the upper crust is very variable being gener-
ally low in mafic rocks and high in silicic rocks. Its contri-
bution may vary from <20% to >70% of heat flow, and
much of the range in heat flow represented in the standard
deviations about the means of heat flow in Figure 3 are
probably associated with chemical heterogeneity in the
continental crust resulting in lateral variations in the con-
tributions of radiogenic heat production to heat flow.
Paleo-heat flow
The discussion above has been restricted to heat flowmea-
sured at present although there is some lag in heat flow
measured at the surface as it is conducted from depth:
the order of that time lag may be estimated from Equa-
tion 7. This heat flow and associated temperatures are
appropriate for most use for geophysical parameters, such
as seismic wave velocities, electrical conductivities, and
density calculations, but the time lag may be significant
in some area where temperatures at depth in the litho-
sphere are changing. However, for some geological obser-
vations, including most techniques of radiometric age
dating, the former temperature of a rock or mineral are pre-
served in a chemical or radiometric system when the rock
cools as it is brought to the surface. This process may
allow the temperature and sometimes the geothermal
gradient of a site to be reconstructed at the time the rock
was uplifted and this general topic is sometimes referred
to as paleo-heat flow.

The rates of most chemical reactions increase at higher
temperatures. For example, the maturation of organic
material in sediments roughly follows the Arrhenius’
equation, which describes the velocity of the reaction, r, as:

r ¼ l exp �E RTK=ð Þ (8)

where l is the frequency factor, E is the activation energy,
R is the gas constant, and TK is temperature in Kelvin
(Stegena, 1988). The combination of the frequency factor
and temperature gives a time-temperature index that,
together with composition of the organic matter, provides
a useful predictor of hydrocarbon maturation. Tempera-
tures in sedimentary basins are usually estimated by the
increase in coal rank of carbonaceous matter in the
sediments as measured by its vitrinite reflectance (e.g.,
Suggate, 1998), and time may be estimated by the
sedimentation history of the basin. Vitrinite reflectance
measures the maximum temperatures attained by the
sediments, which may exceed modern temperatures.

Radiometric methods for age dating (see Absolute Age
Determinations: Radiometric) do not determine rock ages
but the time at which the radiometric system on which the
age determination is based cools through its closure tem-
perature, the temperature at which the age is set. Thus,
radiometric ages may be used for the additional purpose
of determining the thermal history of a rock, especially if
some estimate of the depth at which the age was set may
be determined (see below). Radiometric systems do not
close at a single temperature but follow the Arrhenius’
equation; at high temperatures cooling is generally rela-
tively rapid. Examples of approximate mineral-closure
temperatures for the uranium-lead method are monazite
>1,000�C, zircon >1,000�C, titanite 650–600�C, apatite
500–450�C, and rutile 450–400�C (Flowers, 2005).
Examples of approximate mineral-closure temperatures
for the potassium-argon system are hornblende
530� 40�C, muscovite �350�C, and biotite 280� 40�C
(McDougall and Harrison, 1999). Different dates from
these minerals may be used to calculate rates of erosion
or exhumation of terrains. However, young ages may also
indicate reheating for minerals with relatively low-
temperature closure temperatures.

The minerals used for some radiogenic systems have
geologically very low closure temperatures. For example,
the fission track technique is based on radiation damage
(tracks) in different minerals caused by the spontaneous
fission of 238U (Garver, 2008). Closure of this system is
by thermal annealing of the fission tracks, which occurs
at >120�C for apatite, �200�C for zircon, and �300�C
for sphene. At these low temperatures, a geothermal
gradient is usually assumed and the fission track ages are
commonly used to indicate recent uplift/erosion rates
(uplift/erosion rate = closure temperature/[fission track
age� assumed geothermal gradient]).
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Finally, paleo-thermal conditions are preserved by
metamorphism, and in particular in mineral systems called
geothermometers. Geothermometers are typically pairs of
minerals in which concentration of one element in one of
the minerals has a strong temperature dependence but is
essentially pressure independent; the other mineral, which
must be in intimate contact with the first mineral grain,
acts as a reservoir for this element and allows the first min-
eral to be in thermal equilibrium with the element.
Geothermometers tend to equilibrate rapidly at high tem-
peratures but re-equilibrate slowly as the temperature
decreases, so if cooling and exposure at the surface is rel-
atively rapid, the geothermometer records peak thermal
conditions. Geobarometers also exist in which the con-
centration of an element in the first mineral is strongly
pressure (depth) dependent but insensitive to tempera-
ture. If mineral pairs representing a geothermometer and
a geobarometer occur in the same outcrop, then tempera-
ture and depth may be estimated allowing calculation of
the paleo-geothermal gradient and heat flow at the time
of peak thermal conditions.

Studies of paleo-thermal gradients from metamorphic
terrains suggest that, on average, geothermal gradients
were higher than modern average geothermal gradients.
However, although global heat flow was almost certainly
higher in the past than at present (see Energy Budget of
the Earth), these observations do not demonstrate that con-
clusion for the following reasons: (1) only peak or near-
peak thermal conditions are preserved resulting in an
overestimation of average continental heat flow; (2) peak
preserved geothermal gradients are no higher than geother-
mal gradients measured today –modern geothermal gradi-
ents are buffered in the uppermost crust by the water
boiling point curve and at greater depths by the crust soli-
dus, and the same conditionswould have applied in the ear-
liest Earth preserved in the continental crust; and (3) if
there were zones of low temperature/high pressure meta-
morphism (blueschist) in the Archean/Early Proterozoic,
they are unlikely to be preserved because a geotherm
required to maintain these metamorphic conditions
requires active subduction. With the cessation of subduc-
tion, the geotherm would relax to a warmer geotherm,
and blueschist metamorphism is likely to be overprinted.
Similarly, low temperatures would not be recorded by
geothermometers as the lithospheric temperatures increase.
Summary
Continental heat flow is a complex, but fundamental
parameter that, together with oceanic heat flow, constrains
the energy budget of the Earth heat engine. It is particu-
larly complex because continents are complex and hetero-
geneous. It has components from beneath the lithosphere
and radiogenic heat production within the lithosphere.
Heat is advected into and within the lithosphere by mag-
matic activity, and heat is redistributed by lithospheric
deformation associated with plate tectonics and at rela-
tively shallow depths by groundwater flow. Changes in
surface conditions also modify heat flow in the shallow
crust. The time constant of thermal relaxation of continen-
tal lithosphere is of the order of 300 Ma for stable litho-
sphere 200 km in thickness. Typically heat flow data
from igneous sites of Cenozoic and Early Mesozoic ages
reflect transient thermal conditions; data from sites of
older ages do not. However, continental heat flow remains
very variable even at Precambrian sites because of lateral
variability in crustal radiogenic heat production.
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Definition
Heat flow. The rate of thermal energy transfer in a medium
driven either conductively along a thermal gradient or
advectively via mass transport. The standard unit is
watts, W. The term is also used to describe a subdiscipline
of geophysics, as in the title of this entry.
Conductive heat flux. The heat flow per unit area diffusing
by conduction along a thermal gradient, determined as the
product of the thermal gradient and thermal conductivity.
The standard unit is W m�2. The term heat flow density
has been used correctly as a synonym; the term heat flow,
traditionally but inexactly used as a synonym for heat flux,
more strictly applies to the integrated heat flux over
a specified area or region (watts).
Advective heat flux. The rate of heat transfer per unit area
carried by a moving medium, proportional to the velocity
and the heat capacity of the medium. The standard unit is
W m�2.
Thermal conductivity. The quantity that defines the ability
of a medium to transfer heat by steady-state diffusion. The
standard unit is W m�1 K�1.
Hydrothermal circulation. Large-scale pore-fluid convec-
tion driven by thermal buoyancy, in which fluid flux and
advective heat flux are strongly influenced by the perme-
ability structure of the host formation.

History of observations
Pioneering measurements of temperature below the sea-
floor (e.g., Petterson, 1949; Revelle and Maxwell, 1952;
Bullard, 1954) were made to compare the thermal state
of the ocean crust with that of continents and thus to
improve the knowledge of the present-day heat loss from
the Earth. The early data demonstrated that gravity-driven
probes and corers that penetrated a few meters into sea-
floor sediments could provide meaningful geothermal gra-
dients, and they provided a foundation for the marine heat
flow discipline. Methods for measuring the seafloor ther-
mal gradient and thermal conductivity (the product of
which is conductive heat flux) improved in subsequent
years, the number and geographic distribution of determi-
nations increased, and patterns of seafloor heat flux were
gradually revealed. Initially, the average seafloor heat flux
appeared to be similar to that through continents, despite
the contribution from crustal radiogenic heat production,
which is significant in the continental crust but not in the
oceanic crust. Heat-flux values over midocean ridges were
found to be significantly higher on average than in the
flanking basins, but locally, values were often inexplica-
bly scattered (Von Herzen and Uyeda, 1963; Lee and
Uyeda, 1965). Higher heat flux at midocean ridges was
consistent with emerging ideas about seafloor spreading,
although the values measured were lower than expected
from early theoretical models for the formation of ocean
lithosphere. For nearly 2 decades, regionally low and
scattered seafloor heat-flux values remained unexplained.

By the 1970s, studies began to be done with improved
navigation, and with more closely spaced measurements
made in the context of local sediment and igneous crustal
structure. Results provided a sound basis for the hypothe-
sis that hydrothermal circulation in the igneous crust and
advective loss through unsedimented igneous outcrops
caused both the scatter and the lower-than-expected
values in young areas (Lister, 1972). Further improve-
ments to instrumentation and observational strategies, in
particular the development of probes that could be used
with great efficiency for multiple measurements during
a single instrument lowering, and the practice of making
measurements in the context of geologic structure, led to
the use of heat flux in the study of the process of hydro-
thermal circulation itself (Williams et al., 1974). With this
new knowledge, it was possible to decipher the variability
in measurements in a way that could lead to a better quan-
tification of deep-seated heat flux, the goal of the original
marine heat flow studies, and to understand the hydrologic
processes behind the perturbations. Thus began a diverse
range of applications of marine heat flow over a broad
range of scales. A summary of the suite of tools currently
in use for these studies is provided in the next section,
along with a brief description of how heat-flux determina-
tions are made. This is followed by a few examples of data
from specific studies that illustrate how data are used, and
a summary of some of the major conclusions that have
been made through such studies.
Methods
Shallow measurements in marine sediments
Heat flux through the seafloor is often determined using
temperatures measured with a series of sensors mounted
on the outside of gravity-driven corers (Figure 1a), and
thermal conductivities measured on the recovered sedi-
ment cores. Depths of penetration in excess of 10 m can
be achieved in soft sediment, providing a valuable check
on potential perturbations from bottom-water temperature
variations, although accuracy is often limited by physical
disturbances caused by the coring process, by changes in
the physical properties of the recovered material, by
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Heat Flow, Seafloor: Methods and Observations, Figure 1 Sensors and probes for measuring temperatures and thermal
conductivity in marine sediments, including (a) outrigger temperature sensors mounted to the outside of a sediment corer (core
barrel is 12 cm diameter), (b) a devoted heat-flux probe for measuring sediment temperatures and thermal conductivities (total
length is 4.5 m), and (c) a high-strength probe that extends below a drill bit for bottom-hole temperature measurements (length is
1.2 m, tip diameter 1 cm).
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incomplete recovery, and by the imperfect depth registra-
tion between the cores and the intervals between the tem-
perature sensors. Probes devoted exclusively to heat-flux
measurements are typically limited to lengths of a few
meters, but they have several distinct advantages. They
allow thermal conductivity to be measured under in situ
conditions and at depths that are co-registered with tem-
perature measurements, and they allow transects of many
measurements to be made efficiently during single instru-
ment lowerings. A typical multipenetration heat-flux
probe (Figure 1b) employs a heavy strength member that
resists bending during repeated penetration and with-
drawal from the sediment, and a small-diameter, rapidly
responding tube containing thermistor sensors and
a linear heater element. In situ temperatures are estimated
by extrapolating transient decays following probe penetra-
tion, and conductivities are determined from the rate of
change of temperature following steady or impulsive acti-
vation of the heater. A typical data record is shown in
Figure 2, as are the resulting determinations of tempera-
ture and thermal conductivity. Heat flux is determined as
the linear regression fit of temperature versus cumulative
thermal resistance, R:

R ¼
X

½Dz=lðzÞ�
where l is thermal conductivity measured at a series of
depths, z, and Δz is the depth interval assumed to be
represented by each measurement. This is equivalent to
calculating heat flux as the product of thermal gradient
and the harmonic mean of thermal conductivity between
temperature measurements, as was done in early marine
heat flow studies. Errors associated with possible bot-
tom-water temperature variations are evaluated by exam-
ining systematic deviations from linearity as a function
of the number of thermistors included in the fit, working
progressively up toward the shallowest measurement
point. Complete descriptions of instruments and discus-
sions of data reduction methods can be found in Lister
(1979); Hyndman et al. (1979); Davis (1988), Wright
and Louden (1989), and Villinger and Davis (1987).
Deep borehole measurements
Where observations are needed in hard formations or at
depths greater than can be penetrated with a gravity-driven
device, drilling is required. For research objectives, this
has been done primarily through the Deep Sea Drilling
Project, the Ocean Drilling Program, and the Integrated
Ocean Drilling Program. In relatively unconsolidated sed-
iments (typically the uppermost 50–100 m below the sea-
floor), hydraulically driven piston corers are deployed
from the bottom of the drill string, and temperatures are
measured at the tip of the core barrel (Horai and Von
Herzen, 1985). At greater depths below the seafloor,
high-strength probes can be pushed in with the weight of
the drill string sufficiently far below the bottom of the hole
(c. 1 m) to gain an unperturbed measurement (Uyeda and
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Heat Flow, Seafloor: Methods and Observations,
Figure 2 Typical data (upper panel) collected with a marine
heat-flux probe like that shown in Figure 1b. Thermal
conductivities are determined from the rates of decay following
the metered pulse of heat, and natural sediment temperatures
are determined by extrapolating the transients following probe
insertion. In this example, high conductivities associated with
two turbididic sand layers are present.
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Horai, 1980; Davis et al., 1997a) (Figure 1c). Deeper than
a few hundred meters in sediment, or at any level in crys-
talline rock, bottom-hole measurements are not feasible;
instead, long-term borehole measurements are required
to discriminate the natural formation thermal state from
the commonly large and long-lived perturbations from
drilling and subsequent fluid flow into or out of the hole.
The most reliable method for determining the natural ther-
mal state of crustal rocks has been to seal holes and install
thermistor strings for long-term monitoring (Davis et al.,
1992) (Figure 3).

Example studies
Bottom-water temperature perturbations
Seafloor heat-flux measurements rely on the assumption
that both long- and short-term bottom-water temperature
variations are small; the volume of ocean bottom water
is very large and the temperature of the source in polar
regions is regulated by the formation of sea ice. Many
early measurements were made with temperatures deter-
mined at only three depths over a span of a few meters,
however. Good checks on the validity of this assumption
were not possible until temperature observations began
to be made in deep-sea boreholes and long records of
bottom-water temperature were acquired (Hyndman
et al., 1984; Davis et al., 2003). An ideal suite of observa-
tions that would allow errors associated with bottom-
water temperature variations to be quantified throughout
the world’s oceans – one that is broadly distributed both
geographically and with ocean depth – does not yet exist,
but the available data show that gradients measured a few
meters below the seafloor generally do permit accurate
determinations of heat flux in large areas of the oceans
where depths are greater than �2,000 m. One example
where errors are demonstrated to be small is illustrated
in Figure 4, where closely colocated seafloor probe and
borehole observations are compared. Significant bottom-
water temperature variations are ruled out by the linearity
of the plots of temperature versus cumulative thermal
resistance, and by the agreement between the shallow
probe and deep borehole determinations. This illustration
also shows the importance of precise colocation when
doing such a comparison, given the local spatial variabil-
ity of heat flux as defined by neighboring probe
measurements.

A more direct approach uses observations of bottom-
water fluctuations. An example from a 5,000-m-deep site
in the western Atlantic (Figure 5a) shows that in this area,
oceanographic perturbations might have a modest influ-
ence on measured gradients. Estimated gradient perturba-
tions at depths of less than 2–3 m below the seafloor range
up to 10mKm�1 (Figure 5b), that is, up to 20% of the geo-
thermal gradient if the heat flux were 50 mWm�2. A sec-
ond example from a 2,600-m-deep site in the eastern
Pacific shows smaller variability (Figure 5c), although
perturbations estimated at a depth of 2 m could still result
in a heat-flux determination error of up to 10%. Observa-
tions like these are clearly useful for guiding measurement
strategy (e.g., depth of penetration) wherever heat flux is
low and precise determinations are required.

Heat-flux signals from hydrothermal circulation
Hydrothermal circulation is a major source of error when
determinations of deep-seated heat flux are sought, but it
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is also an important geological process. Hence it has been
the focus of a large number of studies. Instructive exam-
ples of the influence of hydrothermal circulation are
shown in Figure 6, where closely spaced measurements
were made along transects striking perpendicular to base-
ment structure. The first (Figure 6a) is in an area where
sediment cover is continuous over a broad region span-
ning several tens of kilometers. Locally, heat flux varies
inversely with sediment thickness. Such variations are
common in areas of young seafloor, but can occur across
relatively old seafloor as well (Embley et al., 1983; Von
Herzen, 2004; Fisher and Von Herzen, 2005). They are
the consequence of thermally efficient, local convection
in permeable igneous rocks beneath low-permeability sed-
iment cover. If the permeability of the igneous “basement”
formation is high, vigorous convective flow maintains
nearly constant temperatures at the sediment/basement
interface despite variations in the thermal resistance of
the overlying sediment layer. In this instance, the average
seafloor heat flux is close to that expected from the under-
lying lithosphere, suggesting that from a thermal perspec-
tive, the circulation in the upper igneous crust is sealed in
by the extensive sediment cover. The second transect
(Figure 6b) crosses a sediment-covered area immediately
adjacent to an area of outcropping igneous crust (where
measurements are impossible). Local variations like those
in Figure 6a are present, but even more apparent is a sys-
tematic variation of a larger scale, with heat flux increas-
ing with distance from the area of basement outcrop,
opposite to the expected trend of decreasing heat flux with
increasing seafloor age. Temperatures estimated at the top
of the igneous section increase systematically as well,
suggesting that heat is transported laterally by fluid circu-
lation and mixing in the sediment-sealed igneous crust.
Heat exchange between the well-ventilated and sedi-
ment-sealed areas, indicated by the heat-flux deficit in this
example, suggests a lateral heat-transfer scale of 20 km.
Examples elsewhere suggest that the effects of advective
heat loss may be felt laterally as far as 50–100 km (e.g.,
Fisher et al., 2003).

Ever since the early work of Lister (1972), the mere
presence of local variability has been used as
a diagnostic indicator of hydrothermal circulation in both
young and old areas (e.g., Figure 6c), but with widely
spaced observations, neither of the signals exemplified
in Figure 6a and b could be resolved coherently; values
were simply scattered and averages were often low. When
systematic, detailed transects of observations began to be
completed in context of colocated seismic data, the vigor
of the convection could be inferred quantitatively from
the nonconductive thermal regime (Fisher and Becker,
1995; Davis et al., 1997b), and the amount of heat lost
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from the crust by fluid advection could be estimated with
growing confidence (e.g., Anderson and Skilbeck, 1980;
Stein and Stein, 1994; Harris and Chapman, 2004).

Two major lessons are learned from detailed observa-
tions like these for drawing conclusions about deep-seated
heat flux. First, to ensure that observations do not suffer
from the bias caused by convective ventilation, it must
be demonstrated that there are no exposures of permeable
rock at faults or volcanic edifices within distances of sev-
eral tens of kilometers. Second, large numbers of closely
spaced observations must be made, ideally colocated with
seismic reflection data, so that the local variability can be
understood and meaningfully averaged, and the locally
relevant lateral transport scale can be assessed (e.g.,
Sclater et al., 1976; Davis et al., 1999).

Lessons learned about the way that the seawater inter-
acts with the oceanic crust are far-reaching and continu-
ously expanding. Estimates for the temperatures of
circulation, the chemistry of the fluids, the volumetric rates
of exchange between the crust and the ocean, and the con-
sequent effects on crustal alteration and ocean chemistry
have become reasonably well understood (e.g., Mottl and
Wheat, 1994; Elderfield and Schultz, 1996). Studies of
the actual distribution of crustal permeability, the percent-
age of rock affected by hydrothermal alteration, and the
potential for chemosynthetic microbial populations are
the focus of current investigations.
Dependence of heat flux on age and the global
average
With the potentially large influence of hydrothermal circu-
lation in mind, it is clear that a simple compilation of heat-
flux data will provide a deceiving view of global heat loss.
Except in old ocean basins, values are likely to be
scattered and low relative to the heat loss expected from
the underlying lithosphere. But by taking only those mea-
surements that are sufficiently far from known permeable
crustal outcrops and sufficiently numerous to provide
a reliable local average, a subset of data can be gathered
that provides a reliable determination of deep-seated heat
flux. When considered in the context of lithospheric age,
the results have been found to be consistent with both
the characteristics of age-dependent seafloor subsidence
and with simple lithospheric cooling theory (see Litho-
sphere, Oceanic: Thermal Structure). In young areas, heat
flux is found to decline linearly with the inverse square
root of age, following the simple relationship Q=C t�1/2

(where Q is heat flux in mWm�2, t is age in Ma, and
C is a constant estimated between 475 and 510; Lister,
1977; Harris and Chapman, 2004). High-quality observa-
tions in older regions (>100Ma) are generally uniform, in
the range of 45–50 mWm�2 (Lister et al., 1990),
suggesting that the thermal structure of the lithosphere
may become stabilized in a state regulated either by the
convectively supplied heat flux from the underlying
asthenosphere, or by the combination of a compositionally
established lithospheric thickness and the relatively
uniform temperature of the vigorously convecting
asthenosphere.

With the relationship between heat flux and age thus
defined, the problems of the unknown bias and large scat-
ter in young areas and the sparse distribution of measure-
ments in large portions of the oceans can be overcome.
A reliable estimate for the total heat flow through the floor
of the ocean can be had by using the area/age relationship
for the oceans defined by seafloor magnetic anomalies
(e.g., Parsons, 1982; Wei and Sandwell, 2006), along with
a robust heat-flux/age relationship. Several such estimates
have been made (e.g., Williams and Von Herzen, 1974;
Sclater et al., 1980; see summary in Jaupart et al., 2007),
and all fall in a relatively narrow range centered around
32 TW (with contributions from marginal seas and hot-
spot swells included). This yields an average seafloor flux
of roughly 107 mWm�2, a number that has little physical
significance, but is considerably greater than that esti-
mated in the early days of marine heat flow, and greater
than the average though continents (c. 67 mWm�2),
particularly when the latter is adjusted for the contribution
of continental crustal radiogenic heat (c. 33 mWm�2).

With the total heat flow thus constrained, the heat lost
advectively by ventilated circulation can be estimated
from the difference between this and the age-binned aver-
age of unfiltered observations. Such estimates of this “heat
deficit” fall in the neighborhood of 10 TW (Stein and
Stein, 1994; Harris and Chapman, 2004). Most of this def-
icit occurs in seafloor less than 8–10 Ma in age, and it
becomes insignificant on average by an age of 65 Ma.
The actual age at which advective loss becomes insignifi-
cant is locally variable, depending primarily on the conti-
nuity of accumulating sediments that bury the igneous
crust (Anderson and Skilbeck, 1980; Harris and Chapman,
2004), and the associated increase in spacing between
basement outcrops that are essential for hydrothermal
recharge and discharge on older ridge flanks (Fisher and
Wheat, 2010).
The signature of subduction
Marine heat flux is used extensively to constrain deep
thermal structure in studies of continental margins and
marginal basins. A transect crossing the forearc prism of
the Cascadia subduction zone illustrates one such applica-
tion (Figure 7). This transect begins with standard gravity-
driven probe measurements over the incoming plate and
outermost accretionary prism, where bottom-water tem-
perature variability is small. Where the seafloor is
shallower than 1,500–2,000 m, other measurement tech-
niques are used, including borehole measurements and
estimates made using the depth to a bottom-simulating
seismic reflector (BSR), which marks the limit of meth-
ane-hydrate stability. This reflector defines a unique set
of pressure-temperature conditions, and with constraints
on seismic velocity and thermal conductivity of the sec-
tion above the BSR, the thermal gradient and heat flux
can be estimated. Alternatively, a small set of seafloor
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heat-flux measurements can be used as a “calibration.” In
either case, the travel-time depth to BSRs can serve as
a widespread proxy for thermal data (e.g., Yamano et al.,
1982). This technique is valuable where bottom-water
temperature variability is too large to permit accurate
heat-flux determinations with shallow probes, where sed-
iments are too hard to allow probe penetration, or where
there are few conventional measurements. Observations
like these allow the thermal structure to be inferred deep
within subduction zones, providing a critical constraint
on the rheology of the rocks and the potential for
seismogenic slip along the subduction thrust interface. In
the example shown (Figure 7), the seafloor heat flux is
variable locally, but regional values and trends are consis-
tent with the expected thermal state of the thickly
sedimented subducting plate.

In another study of the subducting Cocos Plate seaward
of the Middle America Trench, variations in the thermal
state of the plate are strongly influenced by regional differ-
ences in hydrothermal heat loss, and these correlate with
differences in seismic processes occurring at depth
(Newman et al., 2002; Fisher et al., 2003). One part of
the plate is extensively cooled by hydrothermal circulation
before the Cocos Plate is subducted, and earthquakes
observed within the subduction wedge in this area are rel-
atively deep (>20 km). Earthquakes tend to be shallower
(<20 km) along an adjacent segment of the subduction
zone, where there is no evidence for regional advective
heat extraction. One explanation for the different earth-
quake depths is that cooling of part of the Cocos Plate
slows dewatering and the transition of smectite to illite
in subducting sediments (Spinelli and Saffer, 2004).
Illite-rich sediments are more likely to undergo brittle
deformation at depth, so the delay in heating associated
with hydrothermal circulation in the crust prior to subduc-
tion causes a landward shift of the locked region where
earthquakes are most likely to occur.
Summary
Seafloor heat flux can be measured with high accuracy in
most deep-ocean settings with gravity-driven probes that
penetrate a few meters into seafloor sediment. Improve-
ments in heat-flux measurement technology, improve-
ments in navigation, and integration with swath
bathymetric, seismic, and other data that provide geologi-
cal context for heat-flux measurements have greatly
advanced our understanding of many global, regional,
and local heat flow processes. Comparison of seafloor
and borehole data has demonstrated that measurements
made with short probes are accurate, provided that bot-
tom-water temperature variations are relatively small.
Compilations of global heat-flux data show that heat flux
tends to vary systematically with seafloor age, following
a t�1/2 relation, at least until seafloor age exceeds
100 Ma, after which heat flux tends to become relatively
constant. Determining the deep-seated lithospheric heat
flux requires quantification of the potentially large influ-
ence of hydrothermal circulation in the permeable igneous
rocks of the upper oceanic crust. This is best accomplished
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through closely spaced transects of heat-flux measure-
ments colocated with seismic reflection profiles that con-
strain the hydrologic structure, and regional maps that
allow identification of basement outcrops. This approach
has been applied in numerous settings, providing valuable
constraints on the flow of water within the oceanic crust,
the exchange of water, heat, and solutes between the crust
and the oceans, the formation of hydrothermal mineral
deposits, the accumulation of gas hydrates, and the devel-
opment and maintenance of a subseafloor microbial bio-
sphere. Individual heat-flux measurements and transects
of measurements can be extended across broad regions
using the depth to bottom-simulating seismic reflectors.
These and other applications were never imagined by
those who developed the original techniques for acquisi-
tion of seafloor heat-flux data 6 decades ago, but they
illustrate how acquiring this kind of data has remained
valuable for multidisciplinary studies of thermal,
hydrogeologic, tectonic, and microbiological conditions
and processes within the lithosphere.
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Definition
Impact crater. An approximately circular or polygonal
depression formed by the hypervelocity impact of an
interplanetary body (asteroid or comet) on a planetary
surface.
Shock metamorphism. Irreversible changes to rocks and
minerals, resulting from the passage of a shock wave pro-
duced by a hypervelocity impact.

The terrestrial record
Introduction
The results of planetary exploration have demonstrated
that impact cratering is a ubiquitous process that has
occurred throughout solar system history. On bodies that
have retained portions of their early crust, such as the
Moon, older surfaces are dominated by impact craters,
attesting to the importance of impact cratering in early sur-
face and crustal evolution. The Earth is the most geologi-
cally active of the terrestrial planets and is constantly
renewing its surface. As impact craters are surface fea-
tures, the net result of this high level of endogenous geo-
logical activity is that most of the original population of
Earth’s impact craters have been destroyed. What is left
is a small preservation sample. The terrestrial record, how-
ever, is invaluable in the understanding of impact pro-
cesses for it is the only source of ground-truth data on
the three-dimensional structural and lithological character
of natural impact craters.
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
Since the time of the Apollo missions in the 1960s, the
ground-truth data supplied by terrestrial impact craters has
served as analogues in understanding cratering processes
on the other terrestrial planets; however, impact was gen-
erally not regarded as important to Earth’s evolution. This
changed in 1980, with evidence for a major impact as the
cause of the mass extinction event at the Cretaceous-
Paleogene (K-Pg) boundary�65.5 million years ago.
The actual crater, the�180 km diameter Chicxulub crater,
was identified in 1991, underneath�1 km of sediments in
the Yucatan peninsula, Mexico. The terrestrial impact
record currently stands at�180 craters or crater fields,
with the largest being the�300 km diameter Vredefort
structure, South Africa. Evidence of distal ejecta from
over two dozen impact events, some of which can be
linked to their source craters, is also recorded in the strat-
igraphic record. They include four strewn fields of impact
glasses known as tektites, which can occur over consider-
able areas, for example, the Australasian strewn field,
which has currently no known source crater, is in excess
of 50� 106 km2.

Distribution
The basic properties of known terrestrial impact craters are
listed at http://www.unb.ca/passc/ImpactDatabase. The
spatial distribution of known terrestrial impact structures
is not random, with concentrations on the geologically
stable cratons of the Australian, European, and North
American continents. They are areas with relative tectonic
stability and low rates of erosion, that is, they are the best
available surfaces for the preservation of terrestrial impact
craters. These are also the regions where there have been
active programs to study impact craters. Terrestrial pro-
cesses, such as differential erosion, can result in terrestrial
impact craters evolving from an originally negative to
a positive landform, that is, by definition, no longer
a “crater.” Thus, it is more appropriate to use the term
90-481-8702-7,
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terrestrial impact “structure,” which is not limited to
a particular landform. Approximately one-third of the
known terrestrial impact structures are buried by post-
impact sediments. Detected initially as geophysical anom-
alies, their identity was confirmed by drilling. There are
a number that are now underwater and several that were
formed underwater, on relatively shallow continental
shelves. At present, no impact structures are known on
the true ocean floors, reflecting their relatively young
age and the poorer geologic knowledge of this realm.

At large (>20 km) diameters, the cumulative size-
frequency distribution of terrestrial impact structures is
similar to that on the other terrestrial planets. This likely
represents some form of steady-state condition between
the formation of impact structures and their removal by
terrestrial geologic processes. At smaller diameters, how-
ever, there is a deficit in the number of known terrestrial
impact structures. This is due to the crushing of small
impacting bodies during atmospheric passage, the relative
ease with which smaller structures can be removed by ero-
sion or buried, and the intrinsic difficulties in recognizing
smaller structures. There is also a bias in the ages of
known terrestrial impact structures, with most being<200
Ma old, which also reflects the problems of preservation in
the terrestrial environment.
Morphology
Unless buried almost immediately, the forms of terrestrial
impact structures are generally modified from their origi-
nal. There is, however, the same overall progression in
form, with increasing diameter, as on the other terrestrial
planets. Smaller structures have the form of a bowl-shaped
depression, with an upraised rim, and a depth of�1/6 the
diameter, and are termed simple structures (Figure 1). The
exposed rim, walls, and floor define what is called the
apparent crater. Beneath the apparent floor is an
allochthonous breccia lens, which is roughly parabolic in
cross section and floored by parautochthonous fractured
target rocks. This breccia lens–parautochthonous target
rock boundary defines what is called the true crater, with
a depth of �1/3 the rim diameter (Figure 1). For simple
structures, the rim diameter is�10 times that of the
impacting body.

As the diameter increases, there is a change in form,
with increasing wall and rim collapse, as simple structures
evolve into complex impact structures, with rims
consisting of structurally faulted terraces (Figure 2). Inte-
rior to the rim is a down-faulted annulus or trough, which
is partly filled by allochthonous breccias and/or rocks
melted by the impact. At the center is a structurally com-
plex central peak of parautochthonous target rocks, which
is the topographic manifestation of a more extensive vol-
ume of uplifted target rocks that lie beneath the floor in
the center (Figure 2). The transition diameter from simple
to complex structures appears to be an inverse function of
planetary gravity and target rock strength, with the transi-
tion occurring at a diameter of�4 km in crystalline and
�2 km in sedimentary target rocks, in the terrestrial
environment. A number of relatively young (i.e., only
slightly eroded) terrestrial complex structures –
Haughton, Canada; Ries, Germany; Zhamanshin,
Kazakhstan – lack an emergent central peak. These
structures are in mixed targets of sediments overlying
crystalline basement, with the lack of a peak most likely
due to target strength effects. For complex structures, the
rim diameter is�20 times that of the impacting body.

With still increasing diameter, a fragmentary inner ring
appears, marking the transition from a central peak struc-
ture to peak-ring basin. The larger impact structures in
the terrestrial environment, however, tend to be older,
eroded structures that have been modified, with their cur-
rent elements being structural features rather than topo-
graphic features. Chicxulub is the best-preserved large
terrestrial impact structure, due to burial. As such, how-
ever, the definition of its morphological elements depends
on the interpretation of geophysical data. It has an interior
topographic peak-ring, a terraced rim area, and exterior
ring faults and, thus, appears to correspond to the defini-
tion of a multi-ring basin, as on the Moon. Details of the
physics of cratering mechanics and impact, in general,
can be found in Melosh (1989).
Geology of impact structures
Only small, young simple impact structures, where the
atmosphere has partially slowed the impacting body,
have physical evidence of the impacting body in the form
of spalled fragments of iron or stony-iron meteorites,
which are relatively quickly destroyed by weathering.
(Equivalent-sized, weaker stony meteorites are generally
crushed during atmospheric passage.) Larger impacting
bodies (>100 m in diameter) impact the Earth with largely
undiminished velocity. The average impact velocity of
an asteroidal body is 20–25 km s�1 and cometary impacts
have even higher velocities. Upon impact, most of
the impacting body’s considerable kinetic energy is
partitioned into the target by means of a hemi-spherical
propagating shock wave, which sets the target rocks in
motion (kinetic energy) and compresses them (internal
energy). A cratering flow-field is established in the target,
leading to the excavation of target materials. During com-
pression, a considerable amount of pressure-volume work
is done. Not all this mechanical work is recovered on
decompression to ambient pressure and the excess is
manifested as waste heat. This leads to melting and even
vaporization of some of the target rocks and the destruc-
tion of the impacting body.

The transient compression, decompression, and heating
of the target rocks lead to shock metamorphic effects,
which record pressures, temperatures, and strain rates
well beyond those produced in terrestrial regional or
contact metamorphism. The exact physical conditions
recorded depend of the peak pressure on impact, as deter-
mined by the impacting body’s impact velocity and
density, and distance from the point of impact. Given the
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Impact Craters on Earth, Figure 1 Top: Oblique aerial photograph of the classic example of a terrestrial simple impact structure: The
1.2 km diameter Barringer or Meteor Crater, Arizona, USA. Bottom: Schematic cross section of a terrestrial simple impact structure,
showing various lithological, structural, andmorphologic attributes. Note allochthonous breccia lens, with impact-melted lithologies,
partially filling the structure. D rim diameter, da apparent depth, dt true depth.
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highly transient nature of shock metamorphic processes,
disequilibrium and metastable equilibrium are common.
The nomenclature of shocked rocks or impactites (various
melt rocks, breccias, and shocked target rocks) and the
pressures required to generate particular shock metamor-
phic effects are summarized in Stöffler and Grieve
(2007). Examples of impactites and shock metamorphic
effects are well illustrated in French (1998).

The highest shock metamorphic effect preserved at
impact structures is impact-melted material, which results
from shock pressures>60 GPa, and takes the form of
glass clasts in breccias, melt dikes in the floor of the struc-
ture, and lenses and coherent sheets of impact melt rock
within the crater interior (Figure 3). When crystallized,
impact melt rocks have an igneous-looking matrix and
are often charged with mineral and lithic debris.
Compositionally, these melted lithologies can be modeled
as a mixture of target lithologies, in geologically reason-
able proportions. Isotopic systems, such Sr, Nd, and Pb,
mirror those of the initial ratios of the target rocks, while
others (e.g., Ar) can be reset and record the time of impact.
In some cases, siderophile-element enrichments above tar-
get rock levels occur, reflecting an admixture of material
from the impacting body. In some cases, their relative
abundances have identified the type of impacting body,
for example, C-1 chondrite. In a few cases, Cr and Os iso-
topes have also been used to identify the impacting body.
At lower shock pressures (�60–30 GPa), selective min-
eral melting occurs. In addition, the shock wave can
destroy the internal crystallographic order of feldspars
and quartz and convert them to solid-state glasses, which
still have the original crystal shapes. These are
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Impact Craters on Earth, Figure 2 Top: RADARSAT image of the
Manicouagan, Canada, complex impact structure. The annular
lake is 65 km in diameter and is, in part, man-made, serving as
reservoir for hydroelectric power generation. The original
diameter of this partially eroded structure was ~100 km and the
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annular ring, which may have been the original form of
Manicouagan. D rim diameter, da apparent depth, dt true depth,
SU structural uplift, which is ~0.1 D.
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“diaplectic” glasses (Figure 3), with the required pressures
being 30–45 GPa for feldspar and 35–50 GPa for quartz
(diaplectic plagioclase glass is also known as
maskelynite). The extremely rapid compression and then
decompression also produces metastable polymorphs,
for example, coesite and stishovite from quartz and dia-
mond and lonsdaleite from graphite.

The most-documented shock metamorphic feature is
the occurrence of so-called planar deformation features,
particularly in quartz (Figure 3), although they do occur
in other minerals, for example, feldspar, zircon. Their util-
ity is a function of the common occurrence and stability of
quartz in terrestrial rocks and the relative ease with which
they can be observed andmeasured by optical microscopy.
When fresh, planar deformation features are parallel
planes of glass, with specific crystallographic orientations
as a function of shock pressures of�10–35 GPa. The only
megascopic shock features are shatter cones, which are
distinctive, striated, and horse-tailed conical fractures
ranging in size from millimeters to tens of meters
(Figure 3). They are best developed in fine-grained, struc-
turally isotropic rocks, such as carbonates and quartzites,
but more poorly developed variants can occur in coarser-
grained rocks. They are most common in rocks shocked
to relatively low levels,�2–6 GPa, but can occur in rocks
recording pressures as high as�25 GPa.
Geophysics of impact structures
For buried impact structures, a geophysical anomaly is the
first indicator of their existence, although confirmation of
their genesis requires drilling and the documentation of
shock metamorphic effects. The most common geophysi-
cal anomaly is a localized low in the regional gravity field
(Figure 4), due to lowering of rock density from breccia-
tion and fracturing. In general, modeling of the gravity
anomalies is consistent with the morphometric parameters
of terrestrial impact structures, with the anomaly
extending to the rim of the structure. The anomaly
increases to a maximum of�200–300 g.u. at rim diame-
ters of 20–30 km (Pilkington and Grieve, 1992), with
the lack of further increases in magnitude at larger diame-
ters due to lithostatic pressure closing any deep-seated
impact-related fracturing. The gravity signature can be
complicated by erosion and variations in target rock densi-
ties. Larger complex impact structures tend to have
a central, relative gravity high, which can extend out to
approximately half the diameter of the structure. This cen-
tral, relative gravity high is from the uplift of originally
deeper (more dense) lithologies in the structural uplift.

Magnetic anomalies are more varied. Most commonly,
they are a magnetic low, with the disruption of any
regional trends in the magnetic field. This is due to an
overall lowering of magnetic susceptibility and the ran-
domizing of pre-impact lithologic trends in the target
rocks. Larger structures commonly have high-amplitude,
short wave-length anomalies in the center, due to changes
to remanent magnetization in the target rocks from the
effects of heat, shock, and/or post-impact hydrothermal
alteration. Seismic velocities are reduced at impact struc-
tures, due to fracturing, and reflection seismic images are
extremely useful in characterizing buried structures in sed-
imentary targets. Subsurface brecciation, fracturing, and
incoherency of seismic reflectors increase toward the cen-
ter of complex structures due to structural uplift, resulting
in a central volume that is isotropic in terms of a reflection
seismic signal. Electrical methods have been used less but,
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Impact Craters on Earth, Figure 3 Montage of impactites. (a) The impact melt sheet of the 28-km diameter Mistastin impact
structure, Canada. Note the columnar jointing in the melt sheet. (b) Impact melt-bearing breccias (glassy melt rock occurs as black
clasts) at theMistastin structure. Six-centimeter diameter camera lens for scale. (c) Shatter cones from the Haughton impact structure,
Canada. Eleven-centimeter long penknife for scale. (d) Photomicrograph (plane light) of Planar Deformation Features (PDFs) in quartz.
Image is 0.35 mm across. (e) and (f) Photomicrograph of diaplectic quartz glass seen in plane (e) and cross-polarized light (f),
respectively. Images are 5 mm across.

IMPACT CRATERS ON EARTH 597
in general, there is a reduction in resistivity, which is
related to fracturing. Resistivity contrasts can also delin-
eate lithological contacts, for example, between
allochthonous breccia deposits and the fractured target
rock and/or post-impact sediments.
Impacts and Earth history
The formation of the terrestrial planets by the accretion of
small bodies through collisions and subsequent growth to
proto-planets includes potential collisions between these
proto-planets. One such collision between the proto-Earth
and a Mars-sized body is currently the best working
hypothesis for the origin of the Moon. Such an impact
would result in an Earth-orbiting accretionary disk of
material from the impacting body and proto-Earth, which
was the source of volatile- and siderophile-depleted mate-
rial for building the Moon. The consequences for the
proto-Earth include massive remelting and the loss of
any original atmosphere. Without a Moon and lunar tides,
there would be little or no littoral zone, which is the most
important area in the terrestrial ecosystem, to Earth’s
oceans. With no littoral zone, the development and evolu-
tionary path of Earth’s biosphere would have been very
different. Following planetary formation, the subsequent
high rate of bombardment is attested to by the heavily
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cratered lunar highland crust and the formation of the very
large (up to 2,500 km in diameter) multi-ring impact
basins. The Earth, however, has a larger gravitational cross
section and will capture more incoming interplanetary
bodies than the Moon. Thus, it has been subject to
a greater number of impacts than the Moon throughout
geological time, including the basin-forming impacts in
the period of heavy bombardment. There have been spec-
ulation as to the potential effects of such impacts (e.g.,
Grieve et al., 2006), but no rocks are preserved from this
period of the early Earth. Such impacts would retard any
development of life on Earth but once they had subsided
smaller impact events may have been beneficial for micro-
bial life, with the generation of fertile hydrothermal sys-
tems, impact crater lakes, and new habitats within
shocked rocks and minerals.

The temporal association of a large impact event
(Chicxulub), world-wide ejecta, and a mass extinction
at the K-Pg boundary is well established. As other large
impact structures have not been linked to mass extinc-
tions in the terrestrial biosphere, it may be that there
was a unique characteristic to the Chicxulub event. Sul-
fate-bearing rocks occur at Chicxulub, raising the possi-
bility of massive amounts of sulfur aerosols in the
atmosphere after the impact. They would reduce light
levels below those required for photosynthesis for the
best part of a year, with the collapse of the food chain.
Chicxulub-scale impacts occur every 100� 50 Ma.
Smaller impacts occur on shorter timescales and loading
of the atmosphere with dust from craters in the 20-km
size-range would be global in scale. This would not pro-
duce a mass extinction but could severely disrupt or even
destroy the relatively fragile infrastructure that supports
human civilization.

Past-impacts have also been beneficial for the human
condition. Approximately 25% of known terrestrial
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impact structures have some form of natural resources,
ranging from unexploited local deposits to world-class
mining camps. For example, the�1.5 billion tonnes of
ores at the Sudbury impact structure, Canada, have
so far produced over $ 300 billion worth of metals.
Approximately 50% of impact structures in hydrocar-
bon-bearing sedimentary basins are producers. The
world-class Campeche Bank oilfield in the Gulf of
Mexico produces most of its hydrocarbon products
(� 12 billion barrels of oil and>3 trillion cubic feet of
gas, since discovery) from Chicxulub-related breccias
and has reserves exceeding the entire known reserves
of the USA.

Concluding remarks
Although the first known recorded observations of
impact craters was made by Galileo Galilei in 1609, it
was not until the 1960s that the importance of impact
cratering as a geological process began to be recognized.
This came with the recognition of shock metamorphism
and its effects on rocks and minerals and with impetus
provided by the planned Apollo landings on the Moon.
It is now widely acknowledged that impact cratering is
one of the most important surface geological processes
in the solar system. It has also become apparent that
impact events have also played an important role
throughout Earth’s history, shaping the geological land-
scape, producing economic benefits, and affecting the
evolution of life. The study of impact craters and related
phenomena is relatively young when compared to
other fields of scientific study and, as such, there is still
considerable future potential for new and exciting
discoveries.
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Definition
Electrical survey. Mapping subsurface resistivity by
injecting an electrical current into the ground.
Resistivity meter. An instrument used to carry out resistiv-
ity surveys that usually has a current transmitter and volt-
age-measuring circuitry.
Electrode. A conductor planted into the ground through
which current is passed, or which is used to measure the
voltage caused by the current.
Apparent resistivity. The apparent resistivity is the resistiv-
ity of an equivalent homogeneous earth model that will
give the same potential value as the true earth model for
the same current and electrodes arrangement.
Multi-core cable. A cable with a number of independent
wires.

Introduction
The resistivity survey method is more than 100 years old
and is one of the most commonly used geophysical explo-
ration methods (Reynolds, 1997). It has been used to
image targets from the millimeter scale to structures with
dimensions of kilometers (Linderholm et al., 2008; Storz
et al., 2000). It is widely used in environmental and engi-
neering (Dahlin, 2001; Chambers et al., 2006) and mineral
exploration (White et al., 2001; Legault et al., 2008) sur-
veys. There have been many recent advances in instru-
mentation and data interpretation resulting in more
efficient surveys and accurate earth models. In its most
basic form, the resistivity meter injects a current into the
ground through two metal stakes (electrodes), and mea-
sures the resulting voltage difference on the ground sur-
face between two other points (Figure 1). The current (I)
and voltage (V) values are normally combined into
a single quantity, the apparent resistivity, which is given
by the following relationship:

ra ¼ kV=I (1)

The apparent resistivity is the resistivity of an equiva-

lent homogeneous earth model that will give the same
potential value as the true earth model for the same current
and electrodes arrangement. The geometric factor k
depends on the arrangement of the electrodes (see Electri-
cal Resistivity Surveys and Data Interpretation). The flow
of the current through the ground depends on the resistiv-
ity of the material (rocks) through which it passes and
is reflected in the measured voltage values. Subsurface
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resistivity distribution can be mapped bymakingmeasure-
ments with the current and voltage electrodes at different
positions.
Basic resistivity instruments
The basic parts of a resistivity measurement system
include a source of electrical current, a voltage measuring
Power generator and
current transmitter

Receiver 1 Receiver 2

c

a b

Instrumentation, Electrical Resistivity, Figure 2 Different classes
(courtesy of Landviser LLC). The distance between the electrodes in
environmental and engineering surveys (courtesy of Torleif Dahlin
a system for deep surveys.

Power
source

V

P2 C2C1 P1
+I −I

I

Instrumentation, Electrical Resistivity, Figure 1 Basic setup
for an electrical resistivity survey. The current is injected into the
ground through the C1 and C2 electrodes, and the resulting
voltage difference is measured by the P1 and P2 electrodes.
system, and the cables to connect these components to the
electrodes. These components have undergone major
modifications over the years to improve the efficiency of
the survey procedure, the quality of the data, and to
increase the depth of investigation. The power source for
the current is typically a battery for shallow surveys. Some
small portable resistivity meter systems (Figure 2a) for
very shallow surveys of up to a few meters depth weigh
less than a kilogram (Pozdnyakov et al., 2009). A typical
system (with associated cables and electrodes) for envi-
ronmental and engineering surveys that uses an internal
battery is shown in Figure 2b. Such systems usually weigh
between 10 and 50 kg. The current source and voltage
measuring circuitry are integrated into a single unit (the
resistivity meter). Such battery-based systems can provide
currents of up to about 2 A and have been used for survey
depths of up to about 200 m. For deeper surveys where
currents of up to 10 A are used, a petrol/diesel engine–
powered electric generator is usually used. Such systems
can weigh several hundred kilograms, and are commonly
used for induced polarization (IP) surveys in mineral
exploration (White et al., 2001). The current transmitter
is separate from the receivers that measure the potential
signal (Figure 2c).
Receiver 3 Receiver 4 Receiver 5 Receiver 6

of resistivity instruments. (a) A lightweight portable system
the above picture is 5 cm. (b) A typical system used for shallow
and Abem Instruments AB.), and (c) a schematic diagram of
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input current and resulting voltage signal. (Courtesy of Torleif
Dahlin and Abem Instruments AB.)
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In the interpretation of the survey data, it is assumed
that a direct current (DC) is used. However, in practice,
a low-frequency square-wave alternating current (AC) is
normally used. The frequency is sufficiently low (typically
less than 100 Hz) such that EM effects are negligible.
Figure 3 shows an example of the shape of the input cur-
rent used and the resulting voltage signal. The amplitude
of the voltage signal is typically in the millivolt range,
but smaller voltages can be resolved if the signal-to-noise
ratio is sufficiently high or signal-stacking techniques are
employed. A 24-bit ADC (analog-to-digital converter) is
widely used in modern systems to digitize the voltage
signal. In the absence of an input current, the ground has
a natural self-potential (SP) voltage between different
points on the surface. This can be caused by variations in
the chemical properties of the soil or currents induced by
changes of the geomagnetic field with time. The SP volt-
age can vary significantly with time. The voltage measur-
ing system in the resistivity meter has a SP buck-out
mechanism to remove the SP voltage signal. It usually also
has notch filters (e.g., 50, 60, 16.7 Hz) to remove noise due
to electric power lines and other technical infrastructure
such as electrified railway systems.

IP surveys are widely used in mineral exploration, and
recently there has been increasing interest in the environ-
mental and engineering sector (Aristodemou and
Thomas-Betts, 2000; Dahlin et al., 2002). While both time
and frequency domain (Telford et al., 1990; Reynolds,
1997) measurement techniques have been used in mineral
exploration, the time domain method appears to be the
norm for the less powerful equipment used in environmen-
tal and engineering surveys.
Electrode types
Metal stakes (Lu and Macnae, 1998) are commonly used
for the current electrodes as well as the potential electrodes
in resistivity surveys. For some ground conditions where it
is difficult to insert a stake electrode, flat-base (or plate)
electrodes have been used (Athanasiou et al., 2007;
Tsokas et al., 2008); galvanic contact with the ground is
achieved using an electrically conductive gel or mud at
the base of the electrode. In IP surveys, nonpolarizable
electrodes (Reynolds, 1997) are widely used as the poten-
tial electrodes to reduce SP noise. This makes it difficult to
carry out IP surveys using multielectrode systems for 2-D
(two-dimensional) imaging surveys. There has, however,
been significant progress in using normal steel stakes as
the potential electrodes (Dahlin et al., 2002; LaBrecque
and Daily, 2008).
Multielectrode and multichannel systems
The development of multielectrode systems over the past
20 years has sparked a revolution in resistivity surveying.
The advent of 2-D and 3-D (three-dimensional) resistivity
tomography has opened up whole new application areas
to electrical methods. Before early 1990s, the electrical
resistivity method was mainly used in resistivity sounding,
profiling, andmapping surveys (Telford et al., 1990). Quan-
titative interpretation was mainly confined to 1-D (one-
dimensional) structure of the subsurface consisting of hori-
zontal layers (Koefoed, 1979). The multielectrode systems
made it practical to carry out 2-D imaging surveys that give
a more accurate picture of the subsurface (Dahlin, 2001) in
a routine manner. Unlike the conventional 4 electrodes sys-
tem, a multielectrode system has about 25 or more elec-
trodes connected to the resistivity meter via a multi-core
cable (Figure 4). A switching circuitry controlled by an
internal microcomputer within the resistivity meter auto-
matically selects the appropriate 4 electrodes for each mea-
surement. The system is usually programmable and almost
any electrode array configuration can be used. Several var-
iants of the multielectrode cable system exist, where the
distinguishing factor tends to be the physical location of
the switching circuitry. Some resistivity meters contain all
the switching capability within the main unit, so that two
or more long multi-core cables can be attached directly to
the meter. The cables then merely serve as a physical exten-
sion between the switch and the electrodes, which have no
other function than to act as a galvanic contact between the
meter and the ground (also known as “dumb” electrodes).
These systems have a practical limit on the number of elec-
trode takeouts (commonly 32) in each cable. In the second
type of system, an external switch box is connected to the
main meter via a system bus. The switching capacity can
then be extended by daisy-chaining switch boxes, each
connecting to cable segments with multiple “dumb”
electrodes. This design can vastly increase the possible
number of electrodes available for simultaneous measure-
ments, but it can also be less portable than the first arrange-
ment, particularly in forested and rugged terrain. The third
type of system uses “intelligent” electrodes, where the
switching circuitry is decentralized and placed at individual
electrodes. Even the actual voltage measurement and ana-
log-to-digital conversion may be carried out locally in such
systems, potentially reducing interference problems
(Stummer and Maurer, 2001).
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A more recent development is multichannel capability
for multielectrode systems that can greatly reduce the sur-
vey time. Only two electrodes can be used as the current
electrodes at a single time, but the voltage can be mea-
sured between different pairs of potential electrodes.
Commercial systems with 4–10 channels are available
and some research systems have more than 100 channels
(Stummer and Maurer, 2001).

Full-waveform systems
There has been considerable research on systems that
record the full waveform of the potential signal in an effort
to extract more information from the data and to improve
the signal-to-noise ratio using signal processing tech-
niques (Friedel and Jacobs, 1998; Storz et al., 2000;
Matthews and Zonge, 2003; Rowston et al., 2003; Zhe
et al., 2007). This is often the only practical approach for
resistivity surveys in which large depths of investigation
are required (such as, regional surveys or crustal studies)
or where the nature of the target requires large dipole off-
sets (for example, investigations on volcanoes).

Towed systems for dynamic measurements
The multichannel multielectrode systems have been
adapted for continuous profiling water-borne surveys
using floating electrodes attached to a cable pulled by
a boat (Loke and Lane, 2005; Mansoor and Slater, 2007;
Goto et al., 2007). A PC coordinates the resistivity meter
system data acquisition together with a GPS and water
depth sounder. Continuous measuring systems for land
surveys have also been developed. Some systems use
cylindrical steel electrodes based on an in-line array geom-
etry (Sørensen, 1996), while others use spiked wheels to
achieve continuous galvanic contact with the soil
(Panissod et al., 1998; Dabas, 2009).
Capacitively coupled systems
It is difficult or impossible to use conventional resistivity
meter systems that inject a galvanic current into the
ground in areas with very resistive surface materials or
paved surfaces. Capacitively coupled systems can be used
in such areas. These instruments use an oscillating, non-
grounded electric dipole to generate current flow in the
ground and a second similar dipole to measure the
resulting potential distribution at the ground surface
(Kuras et al., 2006). Two major configurations have been
used in commercial and research instruments of this type.
The first configuration (line antenna type) uses cylindrical
transmitters and receivers, which are towed behind an
operator (Figure 5a). It gives measurements that are com-
parable to the galvanically coupled in-line dipole–dipole
array (Møller, 2001) and have maximum depths of inves-
tigation of 1–20 m, depending on the lengths of transmit-
ter and receiver and the distance between them. The
second type (electrostatic quadrupole) uses flat metallic
conductors (Figure 5b) in an equatorial dipole–dipole
configuration (Panissod et al., 1998; Kuras et al., 2007).
This type has been used for survey depths of up to a few
meters. Both configurations are dynamic measuring sys-
tems where the array configuration is fixed but the entire
setup is moved during the survey for lateral coverage.
2-D and 3-D surveys with dense lateral coverage can be
rapidly conducted with these systems (Kuras et al., 2007).

Automated resistivity monitoring systems
Automatic PC controlled monitoring systems have been
developed for detecting transient phenomena such as
water seepage from dams, landslides, and solute transport
(Oldenborger et al., 2007; Sjödahl et al., 2008; Supper
et al., 2008; Kuras et al., 2009). Monitoring systems are
becoming increasingly sophisticated, and are now being
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deployed remotely with permanently installed electrode
arrays, telemetric control, and data transfer, supported by
automated data management systems to handle the large
data volumes generated through time-lapse data acquisi-
tion (Ogilvy et al., 2009).
Summary
There have been major advancements over the past few
decades in the instrumentation for the electrical resistivity
method. In addition to traditional 1-D surveys, the new
multielectrode and multichannel systems have made it
possible to efficiently carry out 2-D and 3-D imaging sur-
veys that provide more accurate models of the subsurface
geology. Computerized dynamic towed systems can map
large areas on land and water rapidly. Capacitively
coupled systems make it possible to survey areas with
resistive surfaces where conventional galvanic systems
cannot be used. Sophisticated PC controlled monitoring
systems are now available to automatically detect and
record transient phenomena.
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CSEM Controlled source EM
EM Electromagnetic
GDS Geomagnetic depth sounding
MT Magnetotelluric
nT Nanotesla, unit of magnetic flux density
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Introduction
Here we look at instrumentation used for land and marine
electromagnetic (EM) induction studies of Earth, which
seek to characterize the electrical conductivity of the sub-
surface. Conductivity is driven by porosity and fluid con-
tent in the crust, temperature and mineralogy in the
mantle, and minor proportions of highly conductive
graphite, oxides, or sulfides in both. The principal tool
for deep Earth conductivity sounding is the
magnetotelluric (MT) method, in which time series mea-
surements of the surface horizontal magnetic and electric
fields are recorded and converted into a frequency-
dependent transfer function. Loosely speaking, variations
in the external magnetic field act as the input and induced
electric fields in the earth act as the output. The frequency
dependence of the amplitude and phase of the transfer
function may be interpreted to recover electrical conduc-
tivity as a function of depth; longer periods propagate into
deep structure while higher frequencies are absorbed in
shallow structure.

A related method is called geomagnetic depth sounding
(GDS), in which a transfer function between the vertical
and horizontal magnetic fields is used in a similar manner.
GDS data are mainly sensitive to lateral conductivity
structure, although if assumptions are made about the mor-
phology of the external magnetic source field, long-period
data can be interpreted to recover conductivity as
a function of depth in a similar manner to MT data. Alter-
natively, gradients in the magnetic field can become
a proxy for the electric field, and an MT response calcu-
lated in this way.

When near-surface crustal geology is of interest, man-
made sources of EM energy (transmitters) can be used to
probe conductivity, using either current passed through
a grounded wire (an electric field source) or current passed
through a loop (or loops) of wire (a magnetic field source).
Electric or magnetic fields are measured as a function of
transmitter frequency (frequency domain sounding) or,
alternatively, transmitter turn-off time (time domain, or
transient, sounding). Transmitter–receiver position, sepa-
ration, and geometry (orientation, etc.) are also survey
parameters. Measurements of this type fall into the cate-
gory of controlled-source EM (CSEM) methods, although
particular configurations often have distinct names or
even trade names (e.g., Turam, LoTEM, MTEM).
Electric field measurement
Electrodes are used to make contact with the ground (or, in
the marine case, seawater) for the purpose of making
a measurement of potential difference, which is usually
then divided by the electrode separation to form an esti-
mate of electric field. Even with high input impedance
amplifiers, some small current must be drawn to make
the measurement. The simplest electrode is a metal rod
in contact with damp earth or water, which will act as
a source or sink of electrons e� through the reaction
M Ð Mþ þ e�

where M is the metal and M+ is the metal cation. This is
called an electrode of the first kind, and unless the metal
cation is highly concentrated in the vicinity of the elec-
trode, this reaction will not be reversible and the electrode
will polarize, creating unwanted galvanic potentials and
contributing to noise. This may be tolerable for high-
frequency measurements, and simple metal rods are used
for high-frequency MT measurements using man-made
radio transmitters as the source field.

If the metal rod is immersed in a concentrated aqueous
solution of a compatible salt, then the reaction is reversible
and the electrode is nonpolarizing. The most commonly
used electrode of this type is the copper–copper sulfate
“porous pot.” The “pot” containing the copper sulfate
solution has a semipermeable barrier as its base, usually
unglazed ceramic, which makes electrolytic contact with
any moisture in the soil. Such electrodes are commonly
used for “broadband”MT measurements in the frequency
range of 1 mHz to 100 Hz.

Nonpolarizing electrodes of the second kind are made
by coating a metal with a sparingly soluble salt and
immersing in an aqueous electrolyte containing
a compatible anion. The reaction here is

Mþ A� Ð MAþ e�

where A� is the anion. On land the most commonly used
electrode of this type is lead–lead chloride immersed in
solution of potassium or sodium chloride (e.g., Petiau,
2000), and for marine work silver–silver chloride
immersed in seawater, which contains about 30 g/l sodium
chloride, is commonly used (e.g., Webb et al., 1985).
These electrodes have lower temperature coefficients and
higher stability than those of the first kind, and are pre-
ferred for long-period MT work on land and almost all
MT studies in the marine environment. Silver–silver chlo-
ride electrodes are also favored for marine CSEM sound-
ings, although polarizing, capacitively coupled,
electrodes such as the carbon fiber sensors of Crona
et al. (2001) have also been used.

Electrodes are separated by cables of order 100 m long
on land to integrate the electric fields and provide
a measurable potential difference. Contact impedance for
electrodes can be as large as several kilohms, and so the
input impedance of amplifiers should be large, but gain
need not be very high since signals will be up to several
millivolts across a 100-m antenna, and a reasonably
well-designed amplifier will not contribute significantly
to noise.

For marine measurements the situation is very different.
The electrode contact impedance is much lower (around
10 O), the signal levels are much smaller (a few mV/m),
and the antenna lengths are usually shorter as well (around
10m). For long-periodMTsimple amplifiers with gains of
about 100 are adequate, but for broadband MTand CSEM
measurements at frequencies of 0.1 Hz and above,



606 INSTRUMENTATION, EM
capacitively coupled chopper amplifiers with very low
noise and gains of 10,000 and higher are used (Webb
et al., 1985).

Magnetic field measurement
Magnetic field sensors fall into two broad categories; total
field magnetometers and vector magnetometers. Total
field proton and nuclear precession devices are used for
magnetic mapping, but for EM induction vector measure-
ments are needed, either using induction coils or fluxgate
sensors. Superconducting (SQUID) magnetometers have
been used for induction studies, but so rarely that they will
not be discussed here.

A simple loop of wire can be used as a magnetic sensor
based on Faraday’s Law, in which a time-varying mag-
netic flux of density B through area A will induce
a voltage V in a loop of wire with N turns:

V ¼ �NA
dB
dt

¼ �NAm
dH
dt

whereH is the magnetic field and m is permeability, which
for an air-cored loop is the free-space value of 4p �
10�7 H/m.

For CSEM operations at high frequencies (kilohertz
range) the derivative term is large enough that an adequate
signal may be measured in this way, particularly for single
frequency CSEM in which lock-in amplifiers can be used.
Alternatively, for time domain studies in which a large
H

H

excitation coil

pickup coil

feedback coil

pickup coil

permeable core

a

b

Instrumentation, EM, Figure 1 (a) Schematic depicting the operat
around a permeable core. (b) The ring-core fluxgate magnetometer
directions. The direction alignedwith the external magnetic field wil
a pulse of unbalanced flux twice per excitation cycle, which is dete
frequency. In practice, fluxgates are often used as null sensors with
a feedback coil; the current in the feedback coil becomes the meas
loop of wire is used as the transmitter, the area may be as
much as 104 m2 and it is possible to make measurements
using the transmitter loop after switch-off. Normally how-
ever, induction coils (also called search coils, Figure 1a)
are used, in which thousands of turns of wire are wound
around a magnetically permeable core of soft ferrite or
iron–nickel alloy (Permalloy or mu-metal). The core cap-
tures the magnetic field andmultiplies the flux by an effec-
tive permeability, me, determined by a combination of
geometry and relative permeability, producing a voltage

V ¼ �NAm me
dH
dt

:

For long, cylindrical, highly permeable cores of length

L and diameter d the effective permeability depends only
on geometry and is given approximately by (Tumanski,
2007):

me ¼
L=dð Þ2

ln 2L=dð Þ � 1ð Þ :

We see that increasing length improves sensitivity, and typ-
ical broadband MT coils are of order 1 m long. The main
source of noise for induction coils is the thermal (or John-
son) noise of the resistance in the wire windings, and so
increasing N does not necessarily increase the signal to
noise ratio (SNR) because it also increases resistance.
Indeed, to a first approximation the SNR is proportional
H
permeable core

ion of an induction coil magnetometer. A coil of wire is wound
. An excitation coil drives the core into saturation in two different
l saturate sooner than the direction apposed to the field, creating
cted by a synchronous amplifier tuned to twice the excitation
the output of the pickup coil used to null the field using
urement.
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to the mass of copper used in the windings. However, if
weight is an issue, as it may be for marine instruments, alu-
minumwindings can be used for a significant improvement
in weight at a modest cost in resistance noise. The noise of
a good-quality induction coil used for EM induction studies
is around 10�9 nT2/Hz at 1 Hz with a red 1/f type spectrum.
Since motion in Earth’s magnetic field can also produce
a time-varying signal, on land induction coils are usually
buried during operation to prevent movement. For marine
MT and CSEM studies, the magnetometers must be stabi-
lized by heavy anchors, usually made from concrete to
avoid magnetic contamination.

Although integrating amplifiers or feedback can be
used to flatten the frequency response of induction coils,
the one-pole low-cut response of the dH/dt term is
a fairly good match to the red spectrum of natural mag-
netic field variations. However, reasonable signal to noise
performance for induction coils is still limited to periods
shorter than several thousand seconds. For longer period
MT and GDS studies, fluxgate magnetometers are pre-
ferred. Fluxgates use the principle that variations in mag-
netic flux may be generated for a fixed magnetic field by
varying the permeability of the core material:

V ¼ �NA
dB
dt

¼ �NAm
dme
dt

H :

This is achieved by winding the permeable core with an

excitation coil that saturates the core in alternate directions
using a sinusoidal or square wave current of around 1 kHz.
A saturated core has an effective permeability of zero,
since it is no longer influenced by the external field H,
and so the excitation current generates the time-varying
permeability required to get an inductive response.

Various core geometries can be used for fluxgates, but
the most common type of geophysical sensor uses
a ring-core geometry (Figure 1b). The excitation coil satu-
rates the two sides of the core symmetrically in opposite
directions; the side of the coil excited in the same direction
as the external magnetic field saturates sooner, while the
opposite side saturates later. This asymmetry produces
a time-varying net flux at twice the excitation frequency,
which is detected by a pickup coil wound around the core;
the orientation of the detection coil determines the direc-
tion of sensitivity. A lock-in amplifier tuned to twice the
excitation frequency will thus have an output proportional
to the external field. However, this output is only linear
over a range of several hundred nanotesla, and also will
be sensitive to variations in me caused by temperature; so
most observatory quality instruments are operated as null
sensors. The total magnetic field (usually the component
of Earth’s field aligned with the sensor) is canceled by
a solenoid or Helmholtz coils. The output of the fluxgate
is fed back to control the current in the nulling coils, and
this current then becomes the measurement of low-
frequency changes in the magnetic field.

The effective permeability of ring-core of diameter L
and thickness d is approximately
me ¼
L
d

for large L/d; ring-core sensors are usually about 2 cm in
diameter and a millimeter or so thick, with quoted noise
levels of order 10�4 nT2/Hz at 0.1 Hz (Primdahl, 1979).
By design, fluxgates sense the static magnetic field com-
ponent in a given direction, which is typically 40 mT on
Earth (possibly as large as 60 mT), and so the low-
frequency response of fluxgates extends to DC. Excitation
frequencies are high enough that variations up to a few
tens of hertz can be recorded, but long-period MT instru-
ments typically sample only at about 1 Hz, since the noise
in fluxgates becomes higher than induction coils at a fre-
quency of about 0.01 Hz. Also, making measurements of
field variations in the presence of Earth’s total field
requires a large dynamic range, and even with 24-bit ana-
log to digital conversion (ADC), the least count will be
of order 0.01 nT, and resolutions of 0.1 nTaremore typical.
Least counts for induction coil sensors are of order 0.01 pT.

EM transmitters
Either a magnetic or electric field transmitter can be used
for CSEM soundings. Electric transmitters consist of
a long (hundreds of meters) wire grounded at both ends,
through which a modulated current is driven. For large
currents it is easier to switch square waves than generate
sinusoidal waveforms, and if the switching is controlled
rapidly then time domain measurements may be made.
Alternatively, a swept or random sequence of binary
pulses can be used and the receiver data deconvolved to
generate a broadband response. For marine CSEM sur-
veys, the high conductivity of seawater allows transmitter
currents of up to a thousand amps to be used. Magnetic
transmitters consist of large loops of wire through which
a current is passed, and are mainly used for time domain
studies on land.

Data acquisition systems
The science and technology behind EM sensors have not
changed significantly for many decades, but development
of modern electronics has revolutionized the way MT and
CSEM data are collected. The advent of microprocessors;
24-bit ADCmodules; low power, high capacity, static dig-
ital memory; and the global positioning system (GPS),
which allows time to be measured with microsecond accu-
racy anywhere on the surface of Earth, together allow con-
tinuous, time-synchronized, measurements to be made
using small, portable, low-power logging systems.

Time synchronization is important in MT data acquisi-
tion, since noise reduction in processing raw time series to
frequency domain response functions depends on cross-
spectra being estimated between two or more remotely
separated sites. For CSEM soundings, synchronous
stacking and estimation of phase lag between source and
receiver both demand good timing for the transmitter
and receiver. In the past this was done with wired or
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wireless links between sites for both CSEM andMT. Now,
all sites can be individually clocked with GPS timing for
later synchronous processing, at least on land. Marine
MT and CSEM receivers must have installed clocks that
are reset using GPS time before deployment, and whose
drift can be determined using GPS on recovery. In this
way time accurate to better than a millisecond per day
can be achieved. Since marine EM transmitters are
attached to, and powered by, ships, GPS time can be used
to control the output waveforms.

Similarly, in the past wired or wireless connections
between the measurement equipment and bulky data
acquisition and storage systems were needed, but now
data can be stored site by site or even channel by channel,
using integrated microprocessor-controlled acquisition
and solid-state memory. Clearly, this has been of huge
benefit to the collection of marine data, but land acquisi-
tion now also uses this approach.

Navigation
The GPS system, as its name suggests, provides highly
accurate locations and makes surveying land MT and
CSEM stations straightforward. For marine MT and
CSEM, the positioning of seafloor receivers is more diffi-
cult, since during deployment they will drift 50–100 m
from the release point as they sink down through currents
in the water column. ForMTsurveys the release point may
provide sufficient accuracy, but this is not the case for
CSEM surveys. In this case accurate positions need to be
derived from acoustic ranging from the survey ship,
whose position is known from GPS. Short (1–10 ms),
high-frequency (10–100 kHz) pulses of sound are emitted
from the ship and transponders on the receiver instruments
reply to these with similar “pings.” The two-way travel
time, along with estimates of sound speed in water derived
from oceanographic tables or direct measurement, is used
to calculated range. Two approaches are possible: long
baseline surveys involve triangulation using ranges from
three or more ship positions, and short baseline surveys
use equipment that can estimate direction as well as range
using multiple units or elements for the ship’s transpon-
ders. For marine CSEM transmitter navigation, short base-
line measurements are supplemented by depth, height, and
possibly dead reckoning sensors on the transmitter.

On land the orientation of sensors is measured or set
using levels and magnetic compasses during installation
(fluxgate sensors can act as their own compasses). For sea-
floor measurements, orientation needs to be estimated
using recording tiltmeters and compasses.

Summary
Recordings of natural or man-made variations in the mag-
netic field may be made with fluxgate sensors or induction
coils, depending on the frequency of interest. In terms of
signal to noise, the crossover between the two sensors is
about 0.01 Hz, with induction coils used for measure-
ments higher than 1 mHz and fluxgates for measurements
lower than 1 Hz. Exact frequencies depend on the particu-
lar equipment and application. Electric field sensors are
typically made using pairs of nonpolarizing electrodes to
make contact with ground or water, separated and
connected to amplifiers by 10–100 m of wire. At high fre-
quencies simple metal rods may suffice as electrodes.
Modern electronics and timing derived from the global
positioning system havemade data collection using auton-
omous loggers standard for both land and marine MT and
CSEM data acquisition.
Bibliography
Crona, L., Fristedt, T., Lundberg, P., and Sigray, P., 2001. Field tests

of a new type of graphite-fiber electrode for measuring
motionally induced voltages. Journal of Atmospheric and Oce-
anic Technology, 18, 92–99.

Petiau, G., 2000. Second generation of lead-lead chloride electrodes
for geophysical applications. Pure and Applied Geophysics, 157,
357–382.

Primdahl, F., 1979. The fluxgate magnetometer. Journal of Physics
E: Scientific Instrumentation, 12, 241–253.

Ripka, P., 1992. Review of fluxgate sensors. Sensors and Actuators
A, 33, 129–141.

Tumanski, S., 2007. Induction coil sensors – a review. Measure-
ment Science and Technology, 18, R31–R46.

Webb, S. C., Constable, S. C., Cox, C. S., and Deaton, T. K., 1985.
A seafloor electric field instrument. Geomagnetism and
Geoelectricity, 37, 1115–1129.

Cross-references
Electrical Resistivity Surveys and Data Interpretation
Geomagnetic Field, Global Pattern
Geomagnetic Field, Measurement Techniques
Geomagnetic Field, Theory
Instrumentation, Electrical Resistivity
Magnetic Storms and Electromagnetic Pulsations
INTERNATIONAL GEOPHYSICAL YEAR

Ralph W. Baird
Baird Petrophysical International, Houston, TX, USA

Definition
The International Geophysical Year (IGY 1957–1958)
was the most successful global effort to coordinate the
measurement and collection of geophysical data from
around the world during a period of anticipated maximum
solar activity. It was also timed as a continuation of a series
of international efforts to collect data at the poles, called
the International Polar Years I and II (IPY 1882–1883
and IPY 1932–1933). The IGY actually was planned for
18 months, July 1, 1957, through December 31, 1958,
and a follow-on International Geophysical Cooperation
(IGC 1959) was necessary to complete the work and
assemble the results, from January 1, 1959, through
December 31, 1959.
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During 2007–2009, there was a fourth international
effort referred to as IGY-2 or IGY + 50, but instead of
a coordinated singular management initiative, was orga-
nized as separate initiatives, the Electronic Geophysical
Year (eGY 2007–2008), the International Polar Year
(IPY 2007–2008), the International Heliophysical Year
(IHY 2007–2009), and the International Year of Planet
Earth (IYPE 2007–2009). To capture the work and mate-
rials from the IGY 1957–1958, organizers of the IHY cre-
ated a legacy archive and recognition program entitled
IGY Gold. During and after the IGY 1957–1958, the non-
science public joined the scientists with pamphlets, maga-
zine articles, films, children’s toys, games, and books, all
aimed at encouraging exploration and discovery.

Introduction and concept
A lack of knowledge of natural Earth processes and the
interest by thousands of Earth scientists to explore and
discover relationships of the processes combined with
modern communications and global transportation
improvements inspired and motivated the organizers and
participants of IGY in a postwar world (the early 1950s).
The more measurements were studied, the more questions
evolved. To get the answers, the world Earth science com-
munity needed to cooperate and collect data together and
facilitate a means to share this new data to enable new
Earth science discoveries.

The concept seems simple today in the twenty-first cen-
tury: propose global efforts to collect physical and chemi-
cal measurements of the Earth on a semicontinuous basis
over a specified period of time. In the early 1950s, this task
was burdened with a lack of infrastructure and a lack of
resources in all parts of the Earth, governed by separate
regimes speaking hundreds of different languages, and
recovering from wartime conflicts. Just getting from point
A to point B was a time-consuming task. All this was
about to change.

History
While inMaryland, James Van Allen (1914–2006) and his
wife Abigail hosted a dinner on April 5, 1950, for British
geophysicist Sidney Chapman (1888–1970), a theoretical
physicist interested in the earth’s magnetic phenomena
and a participant in IPY II 1932–1933. Also present at din-
ner was Lloyd Berkner (1905–1967), a former radio-
engineer who had been on Admiral Byrd’s 1928–1930
Antarctic expedition. According to Van Allen, the dinner
conversation ranged widely over geophysics and espe-
cially geomagnetism and ionospheric physics. Following
dinner, as they were all sipping brandy in the living room,
Berkner turned to Chapman and said, “Sydney, don’t you
think it is about time for another international polar year?”
Chapman immediately embraced the suggestion,
remarking that he had been thinking along the same lines
himself (Van Allen, 1998).

The time was ripe. Technological improvements in
instrumentation and rocketry had enabled scientists to
probe much deeper into the atmosphere and deep into
the Earth. In the process of enlisting support among the
international scientific societies, Chapman and Berkner
found a strong preference for a global program
encompassing additional geographical regions and addi-
tional physical science disciplines.

Chapman first presented the idea for a third IPY to the
constituent scientific unions under the International Coun-
cil of Scientific Unions (ICSU). The unions, in turn,
presented the proposal to the ICSU General Assembly,
and ICSU, in turn, invited theWorldMeteorological Orga-
nization (WMO) to participate as well as the national orga-
nizations adhering to ICSU. By 1953, there were 26
countries signed up in what came to be known at the Inter-
national Geophysical Year 1957–1958. The disciplines
included practically all the earth, atmosphere, and oceanic
sciences, covering many parts of the globe beyond the
polar regions.

Scope
By 1954, the international IGYorganizing committee (set
up by ICSU in 1952) was known as CSAGI after its
French name, Comité Special de l’Année Géophysique
Internationale. The CSAGI set the priorities for IGY pro-
jects to have at least one of these characteristics:

� Problems requiring concurrent synoptic observations at
many points involving cooperative observations by
many nations

� Problems in the geophysical sciences whose solutions
would be aided by the availability of synoptic or other
concentrated work during the IGY

� Observations of all major geophysical phenomena in
relatively inaccessible regions of the Earth that can be
occupied during the IGY because of extraordinary
effort during that interval (the Arctic and Antarctic)

� Epochal observations of slowly varying terrestrial
phenomena

These were not arbitrary or unreasonable criteria. Based
on this defined planning and framework, the scope of the
IGY program materialized and an organization including
field operations, data collection synchronization, data
reporting, and assembly and archiving was begun.

Operations
When comparing the organization of IGY to today’s pro-
fessional and scientific working groups, the IGY was con-
trolled by two separate bodies, the CSAGI and the ICSU.
Areas of science emphasis covered:
Meteorology
 Cosmic Rays
 Gravity

Geomagnetism
 Glaciology
 Nuclear Radiation

Aurora and Air
Glow
Oceanography
 Latitude and Longitude
Ionosphere
 Rockets and
Satellites
World Days and
Communication
Solar Activity
 Seismology
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Participating countries represented in expeditions or
contributing and sponsoring in-country data collection
included:
Afghanistan
 German Democratic
Republic
Norway
Argentina
 German Federal
Republic
Pakistan
Australia
 Ghana
 Panama

Austria
 Greece
 Peru

Belgium
 Guatemala
 Philippines

Bolivia
 Haiti
 Poland

Brazil
 Hawaii
 Portugal

Bulgaria
 Honduras
 Rhodesia and

Nyasaland

Burma
 Hungary
 Romania

Canada
 Iceland
 San Salvador

Ceylon
 India
 Saudi Arabia

Chile
 Indonesia
 Spain

China
(Nationalist)
Iran
 Sudan
China (People’s
Republic)
Ireland
 Sweden
Colombia
 Israel
 Switzerland

Costa Rica
 Italy
 Thailand

Cuba
 Japan
 Tunisia

Czechoslovakia
 Korea, Democratic

Republic of

Turkey
Denmark
 Libya
 Union of South Africa

Dominican
Republic
Malaya
 Union of Soviet
Socialist Republics
East Africa
 Mexico
 United Kingdom

Ecuador
 Mongolia, People’s

Republic of

United States of
America
Egypt
 Morocco
 Uruguay

Ethiopia
 Netherlands
 Venezuela

Finland
 New Zealand
 Vietnam, Democratic

Republic of

France
 Nicaragua
 Vietnam, Republic of
Yugoslavia
Achievements
General achievements of IGY were:

� Global cooperation for improved Earth physical and
chemical measurements

� Improved awareness and understanding of Earth
processes

� Coordinated collection and assembly of multidis-
ciplinary data

� Archive and sustainable safekeeping of data collected
and shared

� Inspiration and hope for future similar programs and
initiatives

Some of the most significant IGY achievements were:

� Defining the system of mid-ocean ridges that encircle
the globe, furthering our understanding of the Earth’s
crust and the theory of Plate Tectonics.
� Discovery of the Van Allen radiation belts. These belts
surround the Earth at altitudes of hundreds and at thou-
sands of kilometers above the surface and are signifi-
cant to present-day electronic communications.

� Collection of synoptic data, a comprehensive overview
of global physical phenomena. These achievements
were accomplished through organization of various sci-
entific fields under the International Council of Scien-
tific Unions (ICSU). This union created a series of
technical panels with scientific goals and facilitated
international cooperation.

� Under the collection of synoptic data, special attention
was given to the Antarctic Continent. Neither the race
for the South Pole in the early 1900s nor the age of
exploration in the 1930s brought the influx of humanity
experienced during the IGY to the ice-covered
continent.

� A new value for total abundance of water in the form of
ice on the Antarctic continent. Ninety percent of the
planet’s ice is found on and around the continent,
locking 68% of the world’s fresh water in the Southern
Hemisphere.

� Improved meteorological predictions by understanding
the weather patterns of the Southern Hemisphere.

� Advancements in the theoretical analysis of glaciers.
� Seismology of the Southern Hemisphere.
� The scientific cooperation in Antarctica paved the way

for the Antarctic Treaty. The treaty signed December 1,
1959, created a continent free from nuclear weapons
and open to scientific research; the first truly interna-
tional territory.

� Improved science and math education. Through
implied competition among countries, IGY generated
a new sense of the importance of math and science to
competitive problem solving.

� Sputnik and satellite measurements. IGY provided the
first peaceful use of previously military equipment
and technology to enhance the measurement capability
and later communications of people on Earth.

� World Days and Communication. During the IGY,
a calendar was arranged to achieve simultaneous obser-
vations in most disciplines. During some periods, inten-
sification in observations was considered and theWorld
Days program was established. There were three clas-
ses of special days: Regular World Days (RWD) and
World Meteorological Intervals (WMI) were picked in
advance on the calendar. Special World Intervals
(SWI) were designed day to day and broadcast by the
World Warning agency (AGIWARN).

� World Data Centers. The IGY was predicated on full
and open data exchange. The World Data Centers were
created to provide equitable access for use by all quali-
fied scientists for public good and for geophysical
research as a tool for sustainability.

� World Gravity Map. Over 60,000 observations and
additional 150,000 anomaly values results from the var-
ious IGY programs. The raw data were prepared for
storage and further analysis on punched paper cards
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for machine analysis. The final values was published as
a monograph and supplied to the World Data Centers.

� Postage stamps, films, songs, and pamphlets. Outside
of the scientists contributing, the new approach
included outreach and generational attraction to science
at all levels. These creative media and documentary
projects contributed to the events during the IGY and
continue through today to provide accounts and anec-
dotes about the progress made by participants in IGY.
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As a first approximation the Earth is a rotating sphere. As
a second approximation it can be regarded as an equipo-
tential ellipsoid of revolution. According to Moritz
(1980), the theory of this equipotential ellipsoid was first
given by P. Pizzetti in 1894. It was further elaborated by
C. Somigliana in 1929 and served already as the basis
for the International Gravity Formula adopted at the Gen-
eral Assembly of the International Union of Geodesy and
Geophysics (IUGG) in Stockholm in 1930.

One particular ellipsoid of revolution, also called the
“normal Earth” or “normal spheroid,” is the one having
the same angular velocity and the same mass as the actual
Earth, the potential U0 on the ellipsoid surface equal to the
potential W0 on the geoid, and the center coincident with
the center of mass of the Earth. The Geodetic Reference
System 1967 (GRS 67), Geodetic Reference System
1980 (GRS 80), and World Geodetic System 1984
(WGS 84) all are “normal Earth” models.

The normal or theoretical gravity is the gravity effect
due to an equipotential ellipsoid of revolution. Approxi-
mate formulas are used widely even though we can
calculate the exact theoretical gravity analytically. The
conventionally used International Gravity Formula is
obtained by substituting the parameters of the relevant ref-
erence ellipsoid. Helmert’s 1901 Gravity Formula and
International Gravity Formulas 1930, 1967, and 1980,
correspond respectively to the Helmert 1906, International
1924, GRS 67, and GRS 80 ellipsoids. For example, the
recent 1980 International Gravity Formula is (Moritz,
1980):

g1980 ¼ 978; 032:7 1þ 0:0053024 sin2f
�

�0:0000058 sin22f
�
10�5 m=s2

where f is the geodetic latitude.
The resulting difference between the 1980 International

Gravity Formula and the 1930 International Gravity For-
mula is:

g1980 � g1930 ¼ �16:3þ 13:7 sinf2 10�5 m=s2:
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Similarly, one can compare the 1967 formula to the

1980 formula in use today. The difference between the
two is relatively small:

g1980 � g1967 ¼ 0:8316þ 0:0782 sinf2 10�5 m=s2:

The first term of the International Gravity Formula is

the value of gravity at the equator on the ellipsoid surface.
Unfortunately, in the 1930s no one really knew what it
was. The most reliable estimate at that time was based
on absolute gravity measurements made by pendulums
at the Geodetic Institute Potsdam in 1906. The Potsdam
gravity value served as an absolute datum for worldwide
gravity networks from 1909 until 1971. In the 1960s,
new measurements across continents were made by pre-
cise absolute and relative gravity meters, and became the
network of IGSN71 still in use today. A mean difference
between the Potsdam datum and the IGSN71 reference
has been found to be 14 � 10�5 m/s2 (Woollard, 1979).

The theoretical gravity is the gravity effect due to an
equipotential ellipsoid of revolution. Approximate formu-
las are used widely. In fact, the theoretical gravity at any
position on, above, or below the ellipsoid surface can be
calculated using closed-form expressions also. Such
a closed-form expression for the theoretical gravity on
the surface of the ellipsoid is given by the formula of
Somigliana (Heiskanen and Moritz, 1967, p. 76).

The Somigliana–Pizetti formula gives the magnitude of
normal gravity on the surface of a geocentric reference
ellipsoid:

g ¼ ge
1þ ksin2fffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1� e2sin2f

p

where k is the normal gravity constant (not to be confused
with the universal gravitational constant, G), ge is the nor-
mal gravitational acceleration at the equator and e2 is the
square of the first numerical eccentricity of the ellipsoid.
Importantly, the geocentric latitude N, which is compatible
with the GRS80, must be used in the Somiliana formula
(Götze and Li, 2001; Hackney and Featherstone, 2003).

Parameters used to compute the normal gravity using
the Somigliana–Pizetti formula are given values for the
GRS80 ellipsoid from Moritz (1980) (Table 1).
ernational Gravity Formula, Table 1 Parameter definition
d GRS80 values

Ellipsoid semi-major axis 6,378,137 m
Ellipsoid semi-minor axis 6,356,752.3141 m
Equatorial normal gravity 9.780 326 771 5 m s�2

Polar normal gravity 9.832 186 3685 m s�2

(bgp/age) � 1 0.001 931 851 353
(a2 � b2)/a2 0.006 694 380 022 90
(a � b)/a 0.003 352 810 681 18
(o2a2b)/GM 0.003 449 786 003 08
Angular velocity 7292 115 � 10–11 rad s–1

Geocentric gravitational
constant

3,986,005 � 108 m3 s�2
The normal gravity at any ellipsoid height h and any
geodetic latitude N can also be given by a closed-form for-
mula. Starting from the general formula of Heiskanen and
Moritz (1967, p. 67–71) Lakshmanan (1991) derived the
formula and published a result containing typographic
errors. Later the derivation was repeated and corrected
(Li and Götze, 2001).
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Concept
The International Polar Year 2007–2008 (IPY) was an
intensive, internationally coordinated scientific research
campaign in the Arctic and the Antarctic sponsored by
the International Council for Science (ICSU) and the
World Meteorological Organization (WMO). Working
together through international projects, IPY researchers
examined all aspects of polar regions. IPY highlighted
the global importance of polar processes and the urgent
need to understand and track extremely rapid changes
occurring at high latitudes.

History
By most accounts, the 2007–2008 IPY represented the
fourth IPY: 1882–1883, 1932–1933, 1957–1958 (that
event grew from a Polar Year into a Geophysical Year –
the IGY), and 2007–2008. Although topics and
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technologies have changed over 125 years, the challenges
and difficulties of working in polar regions have not, and
the most recent IPY still adheres strongly to the original
concept that substantial advances in polar science require,
periodically, extraordinary levels of enhanced and focused
international cooperation and coordination. With news of
sea ice retreat, ice sheet collapse and threats to polar
species almost constantly in media headlines, the scien-
tific need for this IPY became obvious.

Scope
The IPY Framework Document (Rapley et al., 2004)
specified four goals:

� Make major advances in polar knowledge and
understanding.

� Leave a legacy of new or enhanced observational sys-
tems, facilities, and infrastructure.

� Inspire a new generation of polar scientists and
engineers.

� Elicit keen interest and participation from polar resi-
dents, schoolchildren, the general public, and decision-
makers worldwide.

IPYemerged as one of the most ambitious international
research efforts in the past 50 years. It engaged the intel-
lectual resources of thousands of scientists – many more
than expected and often from nonpolar countries –
representing an unprecedented breadth of specialties, from
geophysical to biological to social sciences. IPY stimu-
lated international and interdisciplinary collaboration with
over 160 endorsed science projects assembled from the
ideas of researchers in more than 60 countries. IPY stimu-
lated substantial new funding for polar science – more
than US$ 400 million, which coordinated with and
supplemented ongoing polar research and monitoring
programs.

Achievements
Major advances in polar knowledge and
understanding
Major IPY-stimulated advances in polar science will
emerge in the time period 2009–2015 and beyond, as
IPY researchers explore, analyze, evaluate, and share their
data sets. Already, we can see increased and more perva-
sive evidence of change in ice sheets and sea ice; we can
see and foresee alteration, migration, and depletion of
polar ecosystems; we can see hints of large changes in cru-
cial polar components (sinks and sources) of global carbon
cycles; and we can see the early impacts of relentless
environmental, economic, and social changes on polar
communities. We can predict with confidence, as a major
advance in understanding, the increasing recognition of
the global importance and impact of polar change.

Infrastructure legacy
This IPY has done a superior job of observing both polar
oceans, through multiple ship voyages and extensive use
of buoys, drifters, and autonomous gliders. It has pro-
duced, from spaceborne radars, lidars, and gravity sensors,
unprecedented coverage and views of the polar ice
masses. Four separate multinational teams made difficult
traverses across Antarctica, covering some regions for
the first time since IGY. Field stations around the Arctic
upgraded their capabilities, established new networks,
and supported twice and in some cases thrice as many
researchers as in previous years.

A new generation
A newAssociation of Polar Early Career Scientists (http://
www.apecs.is/) has brought vibrant and critical energy
and ideas to this IPY and to polar science. Now incorpo-
rated, internationally endorsed and engaged in all aspects
of polar research, and with their own funded Directorate,
APECS represents one of IPY’s most significant accom-
plishments. With more than 1,400 members from more
than 40 countries, with the ability to do online posters
and career development workshops almost anywhere in
the world, APECS has clearly succeeded in shaping the
future of polar research.

Excite and stimulate the public
Through international collaboration and cooperation, by
careful cultivation of a global community of enthusiastic
volunteers, and by creative use of free technologies, this
IPY stimulated active and engaged networks of hundreds
of teachers, media officers, journalists, and students.
Working with those partners and networks, quarterly
Polar Days were organized that engaged more than
500 individual and institutional partners from 50 countries
in polar activities. Teacher’s workshops, summer schools,
polar science weekends, and student expeditions in both
hemispheres were conducted. A Polar Resource Book
documenting these and many other IPY activities was
published. The polar community was expanded by leaving
a legacy of polar information in many languages. This
IPY has demonstrated that an effective, energetic, and
enthusiastic team working full-time to promote science
communication serves as the key partner in a science
program’s success.

Challenges ahead
The variety, breadth, and volume of IPY data highlight the
fact that international science data infrastructure, largely
a legacy of IGY, has for the most part not kept pace with
the modern expectations and needs for data access and
data preservation. A few national and disciplinary data
systems demonstrate admirable capabilities, and new
approaches, focused on open access and an information
commons approach, such as the Polar Information Com-
mons (http://www.polarcommons.org/ ), may stimulate
a data transformation. Identifying and sustaining the
essential elements of long-term observation and monitor-
ing systems for polar regions, as those regions undergo
rapid change, will represent a severe challenge, one
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without obvious technical or resource solutions. A more
urgent focus on integrated prediction skills and systems
will provide improved structure and rationale for
maintaining polar observational capabilities. The many
science specialties in this IPY, and the wide variety of data,
will make the task of synthesis extremely difficult, but
they will also stimulate innovative integration processes
and result in products of enormous impact and value.

Summary
Often the science community seeks to organize prominent
“above and beyond” events, events that transcend busi-
ness as usual and accelerate scientific processes. Presented
as “Experiments” or “Observation Periods” or “Years,”
these events share ambitious goals of enhanced research,
increased resources, heightened attention and, not coinci-
dently, re-invigorated recruitment of new researchers.
The IPY 2007–2008 succeeded in stimulating interna-
tional and interdisciplinary cooperation. Through wide-
spread international cooperation and extraordinary
enthusiasm, it achieved (in large part) its research,
resource, recruitment, and public attention goals, and will
produce a positive legacy for participants, for science in
general, and for the public.
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Definition
The “International Year of Planet Earth” (IYPE) was
a joint initiative by the International Union of Geological
Sciences (IUGS) and UNESCO and ran from 2007 to
2009.

Background and activities
When, in the year 2000, the International Union of
Geological Sciences (IUGS) tried to match current scien-
tific knowledge about Planet Earth against the application
of such knowledge in daily life, it found a major discrep-
ancy. The Indian Ocean tsunami in 2004 and hurricane
Katrina in 2005 only confirmed the existence of that
gap; knowledge about natural hazards existed, but it
was not applied – or not applied adequately – to protect
vulnerable societies from devastation.

Another observation was that fewer and fewer future
experts in geoscience had been recruited at universities
since the early 1980s, despite the fact that society needs
increasing numbers of them to help reduce the impact of
such disasters and to assist governments in subsurface
management issues. Today, industry needs more geo-
experts to find the new earth resources for which the world
is desperately searching. Those experts are the same ones
that find innovative solutions to reducing the environmen-
tal impact of such necessary resource exploitation.

These observations motivated us to explore how the
public and politicians could be urged to reverse these
trends. We chose an international, rather than national,
approach and began the long road toward the proclama-
tion of an International Year of Planet Earth (IYPE) under
the UN system. IYPE aims to capture people’s imagina-
tion with the exciting knowledge about our planet, and
to see that knowledge used more effectively to make the
Earth a safer, healthier, and wealthier place for our chil-
dren and grandchildren. That, we believe, can be achieved
by building on the knowledge accumulated by the world’s
400,000 Earth scientists, and is expressed by the IYPE
subtitle: Earth Science for Society.

Two earlier events served as models. The International
Geophysical Year (1957–1958) uncovered many facts
about our planet, which was then seen for the first time
from space. IGY attracted lots of public attention, and
many youngsters were inspired to begin professional
careers in Earth sciences. More recently, in 2002, the
Germans celebrated their “Jahr der Geowissenschaften”
with many public events and with an attractive logo that
was later donated to the IYPE. That public exposure
resulted in a much higher enrollment of German students
in the Earth sciences in subsequent years (Figure 1). That
information fuelled the outreach program of the Interna-
tional Year.

Soon after the inception of IYPE, UNESCO’s (former)
Earth Science Division joined in, followed by 25 Associ-
ate Partners and 11 Founding Partners. To achieve its aims
and ambitions, and to collect public and political support
for this issue, we then approached the United Nations sys-
tem. That process went through various stages, beginning
at UNESCO where the United Republic of Tanzania suc-
cessfully launched the initiative in the Executive Board
in April 2005, followed by the General Conference in
October. In December 2005, the General Assembly of
the United Nations adopted Resolution 192 proclaiming
2008 to be the International Year of Planet Earth (United
Nations General Assembly, 2005).

Shortly afterward, the IYPE Corporation was registered
as a not-for-profit 501 (c) (3) Corporation in the USA,
consisting of a Board of Directors and a Secretariat based
at the Norwegian Geological Survey in Trondheim.
Although the International Year was proclaimed by the
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UN for 2008, its initiators expanded that into a Triennium,
starting in early 2007 and closing in June 2010.
A Triennium was considered the minimum needed to
implement at least part of our ambitious plan.

After the UN proclamation, additional support for the
IYPE grew rapidly. By December 2009, 36 International
Partners were providing financial and other support.
Simultaneously, geoscientific communities in individual
countries began to establish IYPE National Committees
(Figure 2) to a total number of 80 National and Regional
Committees by the end of the IYPE Triennium. These
countries are widely distributed across the globe.

The main activities of the IYPE have been coordinated
through Science and Outreach Programs. Both programs
essentially operated in a “bottom-up” mode. The Science
Program consisted of 10 broad, societal relevant, and
multidisciplinary themes: health, climate, groundwater,
ocean, soils, deep Earth, megacities, resources, hazards,
and life. Brochures on each of these themes are available
in hard copy or may be downloaded from IYPE’s Web
site: www.yearofplanetearth.org.

The Outreach Program has mainly been implemented at
the national level. A global launch event was organized at
UNESCO headquarters in Paris in February 2008. In addi-
tion, continent-wide launch events took place for Africa
(in Arusha, Tanzania) and for Latin America (in Brasilia,
Brazil). Finally, a closing event with perspectives for the
future was organized in Lisbon, Portugal, in November
2009. On an international level, brochures and flyers were
produced and the global IYPEweb-portal was maintained.
Moreover, numerous activities in many countries with
IYPE National Committees were monitored and
registered.

Education has been an essential element in the Interna-
tional Year of Planet Earth. Many of the national and inter-
national activities involved students and focused on
participation by secondary and primary school pupils.
An example of student involvement was the IYPE global
launch event in Paris. In preparation for that event, 18–
22-year-old students from around the world submitted
essays and poems each dealing with one International
Year theme. National Committees and the IYPE Secretar-
iat evaluated them and selected the best. Through national
and international sponsorship, some 200 winning students
from almost every corner of the planet were awarded a free
trip to Paris to participate actively in the launch event,
including interacting with VIPs on pressing issues
concerning Planet Earth. A comparable approach was
taken for the Lisbon event, in 2009.
Legacy
The 80 National and Regional IYPE Committees belong
to the most important legacy items of the IYPE. At
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national levels, they united key players of several, some-
times competing organizations into one joint ambition to
raise awareness for the Earth sciences among decision
makers and the public. An evaluation among the National
Committees proved that this ambition was at least partly
accomplished.

Since the onset of the IYPE Triennium in 2007, many
thousands of activities all over the globe have taken place.
A significant majority of these were related to education.
Thousands of schools worldwide paid attention to the
International Year of Planet Earth, each in their own lan-
guages and cultures.

Another IYPE legacy item was the creation of a Young
Earth Science Initiative (YES). This provides a platform
for young professionals in the Earth sciences. It started
in 2007 and grew rapidly at the Global Launch Event of
the IYPE in Paris (2008). From there the YES Initiative
expanded, leading to a formal structure, a network of
supporting organizations (including IYPE) and an invita-
tion by the Chinese government hosting the first Interna-
tional YES Conference in October 2009 in Beijing
(Figure 3). One month later, another gathering of some
200 students and young professionals from 70 countries
took place in Lisbon with representation of YES.

At a political level, a flood of public statements were
given by leading politicians pleading for implementation
of the aims and ambitions of the International Year of
Planet Earth: to base decision making more on science
and knowledge of the Earth for safer, healthier, and more
prosperous societies. The most common model for that
has been the organization of a national launch event where
politicians spoke in support of the IYPE often coupled
with cultural performances by school kids highlighting
the importance of the Earth and sustainable development
for future generations.
OneGeology is another major IYPE legacy item. That
initiative was positioned under the IYPE banner in 2007.
The ambition of this project is to bring together geological
data of all nations into a digital database and translate
these into one single computer language. That should
result into a digital map of the subsurface of the world
and may eventually provide a third dimension to popular
geographical Web sites, as Google Earth. By February
2010, 116 national Geological Surveys have embarked
on this initiative.

Many more legacy items developed during the IYPE
Triennium. For example, cross-country geological hiking
tours through the Alps: ViaGeoAlpina; an elegant method
to assist teachers with simple materials to explain often
complex geological processes: EarthLearningIdea; the
production of a series of state-of-the art scientific books
on each of the ten IYPE Themes, by Springer Verlag;
and an UNESCO initiative to measure the conditions of
Earth sciences education in Africa and to develop tools
to improve these.

It appears that student entries in the Earth sciences have
been growing in a considerable number of countries since
2007. Although not all such positive developments may
be attributed to the IYPE alone, the International Year of
Planet Earth must have contributed at least to some extent
to growth as growth is generally positively correlated with
the level of IYPE activities in a specific nation.

Finally, a Report on the entire IYPE operation will be
produced for the United Nations and the IYPE Initiators
(IUGS and UNESCO) as a legacy item in 2010.
Perspectives
Spurred by the National and Regional IYPE Committees
who considered the IYPE as an excellent opportunity to
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raise public awareness to use knowledge of the Earth for
better decision making and to encourage the youth to go
for a professional career in the Earth sciences, and
supported by the IYPE Board of Directors, some new ini-
tiatives have been discussed since early 2009. Two major
new initiatives developed with the specific intention to
build on the IYPE legacy are described here.

The Planet Earth Institute
The Planet Earth Institute’s mission is to commu-
nicate with the general public the added value of Earth
science information for society and is an international,
non-governmental, non-profit organization. This (mainly
virtual) Institute has been given as subtitle “Promoting
knowledge for a better Planet.” Implementation will be
realized along three channels: through a wide variety of
outreach activities, through its National Committees, and
through its International Partners. Activities may include
exposure through big screens in city centers, other mass
media, publications, public events, education projects,
cultural and artistic expressions, co-marketing, and pro-
jects (Figure 4).

National Committees shall constitute, too, the
geographic backbone of the Planet Earth Institute. Current
IYPE National Committees are invited to embark on the
Planet Earth Institute to continue their (mainly outreach)
activities. They will significantly benefit from revenues
generated by international outreach activities. Interna-
tional Partners shall form the financial spine of the Planet
Earth Institute. Current International IYPE Partners are
invited to continue supporting the Planet Earth Institute
activities once the IYPE Triennium has phased out. The
Planet Earth Institute shall be financially self-supportive.
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Sponsors are invited to support the Foundation during its
Initial Stage.

World-class science initiative
Another new initiative is aiming to identify or design
“world-class” projects for a “Global Geoscience Initia-
tive.” This was explored by an ad-hoc group through
a brainstorm meeting in July 2009, and the initiative was
then presented to Earth scientific audiences at several
major geoscientific gatherings around the world. It is
envisaged that the theme(s) of a new world-class science
initiative, its structure, and funding mechanism would
have been determined by mid-2010.

Summary
The International Year of Planet Earth has been particu-
larly successful in its outreach and education programs.
As fundraising started to bear fruit quite late in the Trien-
nium, not sufficient funds were available to properly sup-
port a (costly) science program. Moreover, several of the
ten science themes of the IYPE were addressed at national
levels through current university curricula and special pro-
grams. UN proclamation has been crucial for the success
of the IYPE, in particular for national implementation of
the aims and ambitions through the 80 National and
Regional Committees. These have also been the drivers
for developing a new initiative, the Planet Earth Institute.
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Introduction
Neural networks have been recognized for many years as
a powerful tool for solving complex problems associated
with pattern recognition, classification, and generaliza-
tion, and have been used in geophysics in a large variety
of different applications. The power of neural networks
arises from their ability to emulate complex input/output
mappings efficiently.

Comprehensive reviews may be found of all the major
geophysical applications of neural networks in a number
of excellent tutorial papers (Sandham and Leggett, 1998;
Van der Baan and Jutten, 2000; Poulton, 2002).
A number of books on the subject have also been
published in the last decade (Poulton, 2001; Nikravesh
et al., 2003; Sandham and Leggett, 2003).

In this present article, the fundamentals of geophysical
inversion using neural networks are reviewed. In section
“Geophysical inversion,” the physics of geophysical
inversion are described, together with a short mathemati-
cal formulation. In section “Artificial neural networks
(ANNs),” the basics of artificial neural networks are
discussed. This includes a review of the major types, the
training strategies involved, and a discussion of issues
such as data preprocessing and performance. In particular,
the important case of the multilayer perceptron trained
with the back-propagation algorithm is considered in
some detail. In section “Geophysical inversion using arti-
ficial neural networks,” geophysical inversion applica-
tions of neural networks are reviewed, including
computation of velocity models, split shear-wave analy-
sis, impedance inversion, pseudolog prediction,
petrophysics, well logging, and potential field inversion.
Geophysical inversion
Geophysical inversion, or inverse modeling, may be
defined as the estimation of quantitative subsurface earth
parameters using measured (observed) geophysical data
(Treitel and Lines, 2001; Ulrych and Sacchi, 2005).

Generic definitions of forward and inverse modeling
are given in Figure 1.

Mathematically, forward modeling may be described as
the transformation y ¼ T ½x�, where y is the model
response, x is a vector containing the set of subsurface
model parameters, and T [�] is some transformation (linear
or nonlinear) that describes an observed physical process.
For example, in the seismic case, T [�] produces a model
response in the form of a synthetic seismogram. Inverse
modeling may be written as x̂ ¼ T�1½y 0�, where
x̂ ¼ T�1½y 0� is now a vector containing the set of estimated
subsurface model parameters (the model space), derived
from the data vector y 0 (the data space). The operator
T�1[�] then denotes the inverse transformation from data
space to model space.

Unfortunately, analytical expressions for the inverse
transformation seldom exist. Numerically, the inverse
problem is solved using methods from mathematical opti-
mization theory. A popular iterative solution is to assume
an initial guess for a model, compute the model response
y, compare it with the observed response y 0, and then per-
turb the model with the hope of achieving a better fit.
However, since the underlying physics in most cases is
nonlinear, a straightforward inversion is, even under ideal
conditions, inherently unstable. One possible solution is to
try and linearize the inverse problem. Unfortunately, such
methods are notoriously dependent on the choice of the
initial guess for the model. Furthermore, the presence of
noise in the data makes interpretation of the results
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additionally difficult and circumspect. A possible alterna-
tive is to use stochastic methods like Monte Carlo (MC),
simulated annealing (SA), or genetic algorithms (GA),
all of which provide some insight into the statistical nature
of the inverse relationships. Unfortunately, MC is
extremely inefficient and computing intensive in
multidimensional cases, and both SA andGA need subjec-
tive tuning parameters that determine the nature of the sto-
chastic search. Most techniques also involve the
assimilation of a priori knowledge during the inversion
process, to constrain the result. All these techniques – lin-
ear and nonlinear – involve very expensive forward calcu-
lations and are necessarily specific to the particular data
set used. Also, the solution is generally nonunique.

It is precisely these intractable features of geophysical
inversion that have encouraged geophysicists to investi-
gate solutions using artificial neural networks (ANNs).

Artificial neural networks (ANNs)
The expeditious pattern recognition and classification
abilities of humans are a direct consequence of the human
brain having a very large number of highly interconnected
biological nerve cells or neurons. The basic anatomy of an
individual neuron is shown in Figure 2.

It consists of a cell body or soma, the output of which is
a long, branching fiber called the axon, which, on appro-
priate triggering by the cell, transmits an impulse.
A human neuron “fires” when its electrical potential
reaches a threshold. The output signal is transmitted by
the axon and distributed to other neurons via connecting
points termed synapses, located in the tree structure at
the end of the axon, which modify the strength of the out-
put signal. The input area of the cell is a set of branching
fibers called dendrites. Input signals to the soma are atten-
uated with an increasing distance from the synapses to the
soma. Since the human brain is a very dense neural net-
work with a highly interconnected set of approximately
1011 neurons, the axon of each neuron is connected to
around 10,000 other cells, resulting in approximately
1014 connections or synapses. It is this large number of
interconnections, which is the basis for the human brain’s
immense computational power.
As the name implies, an artificial neural network
(ANN), or simply neural network (NN), is a mathematical
or computational model that tries to emulate the structure
and/or functional aspects of a biological neural network,
and as such, represents a technology that is rooted in many
disciplines, including neurosciences, mathematics, statis-
tics, physics, computer science, and engineering. ANNs
consist of an interconnected group of artificial neurons
(programming constructs that mimic the properties of bio-
logical neurons), which process information using
a connectionist approach to computation. In most cases,
an ANN is an adaptive system that changes its structure
based on external or internal information that flows
through the network during a learning phase, realized via
suitable training iterations. ANNs may either be used to
gain an understanding of biological neural networks, or
for solving artificial intelligence problems without neces-
sarily creating a model of a real biological system. In the
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latter case, they may be defined as nonlinear statistical
data modeling tools, and can be used to model complex
relationships between inputs and outputs or to find pat-
terns in data. Indeed, the power of neural networks arises
from their ability to emulate complex input/output map-
pings efficiently.

There are now some excellent general reviews of ANNs
in the literature (Hush and Horne, 1993; Zhang, 2007;
Wilamowski, 2009). A substantial number of books on
the subject have also been published over the last 2
decades (McCord Nelson and Illingworth, 1991; Priddy
and Keller, 2005; Haykin, 2009). The texts by Haykin
(including earlier editions) are probably the most compre-
hensive and definitive.

The basic building block of anANN is the (mathematical)
perceptron, which was conceived almost 70 years ago by
McCulloch and Pitts to mimic the behavior of a biological
neuron. The perceptron is also known as an artificial neuron,
neurode, processing element/unit (PE/PU), or simply unit.
A schematic of a perceptron is shown in Figure 3a.

This depicts a number of inputs xij, analogous to the
dendrites in a biological neuron, which are modified by
corresponding weights wij, analogous to the synapses.
The wijxij products are then summed, along with bias bi,
and the result passed through a nonlinear activation func-
tion j(�) to produce the final output yi, analogous to the
axon. The activation function transforms the weighted/
summed input Si to a neuron into its activation. Some
major types of activation function are shown in Figure 3b.
Historically, the threshold activation function was used.
Si
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corresponding weightswij, sums the products alongwith bias bi, and
produce the final output yi. The diagram on the right is a concise wa
in artificial neural networks. The range of activation functions is usu
desirable for the range to be �1 � j(Si) � 1.
However, this particular function gives only a binary out-
put (i.e., 1 or 0). Also, this particular function is not contin-
uously differentiable and so the optimum weights were
very difficult to estimate. A more popular activation func-
tion is the sigmoid, which is continuously differentiable
and monotonically increasing.

An ANN is formed by connecting (usually many) PEs
together in some fashion. Some of the major ANN para-
digms are depicted in Figure 4.

Once an ANN has been chosen, and the number of
layers and neurons have been estimated, the various net-
work weights wij have to be determined, through
a network training procedure. Training can either be
supervised or unsupervised – see Figure 5a and b.

Supervised training involves presenting target answers
for each input pattern, whereas with unsupervised train-
ing, the network adjusts its weights in response to input
patterns without target answers, effectively classifying
the input patterns into similarity categories. After training
has been carried out, network performance is assessed
using input patterns that have not been used previously,
that is, as training data – see Figure 5c. This will indicate
whether the network has been over-trained and cannot
generalize, and also whether the network has been trapped
during training in a local minimum. Performance is depen-
dent on the quality of data, preprocessing involved, train-
ing algorithm, network complexity, generalization, and
implementation.

One of the most popular ANNs is the so-called multi-
layer perceptron orMLP (Figure 4a). This is a feedforward
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ally 0 � j(Si) �1, as defined here; however, it is sometimes
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network consisting of a layer of input distribution
nodes, a number of “hidden” layers of perceptrons, and
an output layer. In a fully connected version, all distribu-
tion nodes and perceptrons are connected to perceptrons
in the following layers. The network configuration
should allow for an adequate description of the underly-
ing statistical distribution of the spread in the data. Since
the number of input nodes and output neurons is usually
dictated by the problem, good network design relies on
estimating an optimum number of hidden layers and num-
bers of neurons in each layer. These are usually deter-
mined through trial-and-error procedures. A supervised
training algorithm called back-propagation (or back-
error propagation), popularized in the mid-1980s
by Rumelhart and McClelland, is usually used to train
a MLP. This iterative, steepest-descent algorithm is
outlined below.

Step 1: All wij set to small random values.
Step 2: Input presented together with target outputs ti.
Step 3: Actual outputs yi computed.
Step 4: Errors computed for all nodes in a layer.

Output Layer: di= (ti � yi)j´(Si)
Hidden Layer: di= (ti � yi)j´(Si)
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Step 5: Update weights.

wij t þ 1ð Þ ¼ wijðtÞ þ �diyj þ a wijðtÞ � wij t � 1ð Þ� �

Step 6: Return to Step 4 or Step 2.
The weight update in Step 5 includes learning rate (�)
and momentum (a) terms to improve performance of the
algorithm. The selection of a learning rate is of critical
importance in finding the true global minimum of the error
distance. Back-propagation training with too small
a learning rate will make agonizingly slow progress. Too
large a learning rate will proceed much faster, but may
simply produce oscillations between relatively poor solu-
tions. Both of these conditions are generally detectable
through experimentation and sampling of results after
a fixed number of training epochs. Ideally, the largest
learning rate should be used that still converges to the min-
imum solution. Use of a momentum term can be helpful in
speeding algorithm convergence and avoiding local min-
ima. This gives the system a certain amount of inertia
since the weight vector will tend to continue moving in
the same direction unless opposed by the gradient term.
The momentum term (i) smooths the weight changes and
suppresses cross-stitching, that is, cancels side-to-side
oscillations across the error valley, (ii) amplifies the learn-
ing rate when all weight changes are in the same direction,
causing a faster convergence, and (iii) enables escape from
small local minima on the error surface. Typical values for
the learning rate andmomentum parameter are 0<�, a< 1.
The momentum term will allow a larger learning rate and
thus speed convergence and avoid local minima. On the
other hand, a learning rate of 1 with no momentum will
be much faster when no problem with local minima or
non-convergence is encountered. Other popular training
algorithms include Quickprop and Cascade Correlation.

Avery popular network that uses unsupervised training
is Kohonen’s Self-Organizing Feature Map or SOM
(Figure 4b). This is a two-layered feedforward network
consisting of a layer of input distribution nodes, and an out-
put layer usually arranged as a 2-D map, which shows the
natural relationships among the patterns presented to the net-
work. Essentially, neighboring neurons compete in their acti-
vation by means of mutual lateral interactions, and develop
adaptively into specific detectors of different input patterns.
The unsupervised training algorithm is outlined below.

Step 1: All wij set to small random values.
Step 2: Input presented.
Step 3: Euclidian distances di between each input node ( j )

and output node (i) computed.

di ¼
X

xjðtÞ � wijðtÞ
� �2

Step 4: Select output node i* with minimum distance.

Step 5: Update weights to node i* and neighbors.

wij t þ 1ð Þ ¼ wijðtÞ þ �ðtÞ xjðtÞ � wijðtÞ
� �

; i 2 NEi	ðtÞ
Step 6: Return to Step 2.
Recurrent networks, which involve the inclusion of
feedback loops such as the one depicted in Figure 4c, have
a profound impact on the learning capability of the net-
work and its performance.
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Many other types of ANN exist, including Hopfield
recurrent networks, those based on the adaptive resonance
theory of Carpenter and Grossberg, probabilistic, modu-
lar, and radial-basis function ANNs, support vector
machines, and more recently, networks including spiking
ANNs and wavelet ANNs.

Geophysical inversion using artificial neural
networks
ANNs offer many advantages to geophysicists for inver-
sion applications, and this has made them an intensely
active research area. Indeed, many ANN inversion algo-
rithms are now sufficiently mature and are routinely
employed in their respective application area. A number
of good reviews of geophysical inversion using ANNs
are available in the literature (Röth and Tarantola, 1994;
Nunnari et al., 2001).

The basis of ANN geophysical inversion methods is
illustrated in Figure 6.

First, a geophysical model is used to derive many simu-
lated model response vectors y(i) from a large number N of
subsurface model parameter vectors x(i), where 1 � i � N .
Next, the response vectors act as input data training sets to
an ANN. In supervised training the model parameter vec-
tors are used as the target vectors. Finally, after appropriate
training, a new survey data vector y 0 is input to the ANN,
and an estimated subsurface model parameter vector x̂
obtained, that is, geophysical inversion has been achieved.
There are many variations of this basic technique.

It is important to emphasize that geophysical inversion
using ANNs will only be successful if proper consider-
ation and diligence are provided during the preprocessing
and training phases. This is to ensure the prevention of
over-training and local minima entrapment (Maiti and
Tiwari, 2010).

There are many examples in the literature of ANNs
being employed across the complete spectrum of
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derive many simulated model response vectors y(i) from subsurface
as input data training sets to an ANN. In supervised training the mo
training, a new survey data vector y0 is input to the ANN, and an es
geophysical inversion applications, and these publica-
tions, many of which are cited below under their respec-
tive application domains, should be consulted for further
information.

SEISMIC
General: (Michaels and Smith, 1997; Xiangjun et al., 2006 )
Seismic Attributes: (Dumitrescu, 2009)
Porosity: (Wang et al., 1997; Ecoublet et al., 1998; Burnett

et al., 2004)
Impedance: (Fu, 2004)
Facies Analysis: (Castro de Matos et al., 2007)
Refraction Statics: (Taner et al., 1988)
Seismic Velocities: (Calderón-Macias et al., 1998, 2000)
Amplitude Variation with Offset (AVO): (Mogensen and

Link, 2001; Kuzma and Rector, 2004)
Split Shear Wave: (Dai and MacBeth, 1994)
Seismic Tomography: (Tselentis et al., 2007)
WELL-LOGS: (Liu and Liu,1998; Hampson et al., 2001;

Zhang and Zhou, 2002; Aristodemou et al., 2005)
RESERVOIR GEOPHYSICS: (Saggaf et al., 2003;

Aminzadeh and Brouwer, 2006)
ELECTROMAGNETIC: (Winkler, 1994; Seiberl et al.,

1998; Spichak and Popova, 2000; Ahl, 2003)
RESISTIVITY: (Teles and Do Cormo,1999; El-Qady and

Ushijima, 2001; Neyamadpoura et al., 2009)
POTENTIAL FIELD INVERSION
General: (Guo et al., 1992; Zhang and Paulson, 1997)
Gravity: (Kaftan and Şalk, 2009)
Magnetic: (Al-Garni, 2009)
ARCHAEOLOGY: (Bescoby et al., 2006)
REMOTE SENSING: (Del Frate et al., 2007; Tso and

Mather, 2009)

Summary
Geophysical inversion is an essential tool to help geophys-
icists solve practical environmental, engineering, or explo-
ration problems. This is particularly relevant for situations
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that require detailed quantitative subsurface information
and data. Traditional approaches to inversion are many
and varied, and include model perturbation/comparison,
linearization usually of a nonlinear geophysical model,
together with a variety of stochastic methods including
Monte Carlo, simulated annealing, and genetic algorithms.
These approaches do not perform well in the presence of
noise, are very inefficient and computing intensive, require
subjective tuning parameters and a priori knowledge, and/
or produce results that are nonunique.

Alternative geophysical inversion methods, based on
artificial neural networks (ANNs), have been investigated
over the past 15–20 years, to try and overcome the disad-
vantages of the traditional approaches. These ANN inver-
sion methods have now found considerable success across
many different geophysical domains, including seismic
attributes, velocity fields, and tomography, to potential
field inversion, archaeology, and remote sensing.

With the continuous introduction of improved ANN par-
adigms and training algorithms, coupled with the ever-
increasing power of digital computing hardware (including
Field Programmable Gate Arrays [FPGAs]), there is no
doubt that ANNs have a very positive future in the exciting
and challenging world of geophysical inversion.
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Definition
Inversion of geophysical data involves searching for opti-
mal set(s) of earth model parameters that can be used to
compute synthetic data that match with observations.
The data misfit (or fitness) is often measured by a suitably
defined objective function that is generally non-convex.
Optimization methods search for a minimum (optimal)
value of an objective function. In general, there can be
solutions that are locally optimal.
Global optimization refers to finding the best set of param-
eters corresponding to the global minimum of a function
of multiple parameters.
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Introduction
The primary goal of geophysics is to determine the proper-
ties of the earth’s interior from a finite set of remotely
sensed measurements from instruments placed on the sur-
face of the earth with perhaps a few in boreholes. The for-
ward problem involves computation of theoretical data for
a given set of earth model parameters. Typically, this
requires numerical solution of a partial differential equa-
tion. The inverse problem whose goal is to estimate earth
model parameters from observations is nontrivial due to
the fact that data are almost always inadequate, inconsis-
tent, and insufficient (Jackson, 1972). The direct inversion
methods are formulated based on the physics of the for-
ward problem by recognizing or designing a mathematical
operator, which is applied to the observed data (sometimes
recursively) to derive a model of the earth. Such methods
are generally unstable due to the typical data problems of
inadequacy.

In amodel-based inversion approach, synthetic data are
generated for an assumed model and compared with the
observed data. If the match between observed and syn-
thetic data is acceptable, the model is accepted as the solu-
tion, otherwise, the model is changed. The synthetics are
recomputed and again compared with the observations.
This iterative forward modeling procedure is repeated
until an acceptable match is obtained between data and
synthetics. Thus in this approach, inversion is viewed as
an optimization process in which a model is sought that
best explains the observations (Figure 1). Therefore,
searching for a model that explains the field observation
the best, comprises one of the major tasks of inversion.

Inversion is not restricted to just finding the so-called
best-fit model since there can be multiple solutions. In
other words, often we have nonunique solutions. Thus it
is very important for a practitioner to have a clear under-
standing of the forward problem and to impose constraints
Assumed
earth model

Synthetic data

Update model

Observed
data

Match ?

Yes

No

Stop

Forward
modeling

Itererative forward modeling

Inverse Theory, Global Optimization, Figure 1 Principle of
model-based inversion by optimization.
and restrict the search for an optimal realistic solution
within regions that are geologically meaningful. This can
be addressed by a proper choice of an objective function.
One approach to inversion may be termed “exploitation
of model space” in which one simply seeks a best-fit
model. Another approach may be termed “exploration of
model space,” which casts the inverse problem in
Bayesian Framework (Tarantola, 1987) and constructs
a posteriori probability density function (PPD) in model
space.

Details of geophysical inverse theory with some exam-
ples of application can be found in the texts by Menke
(1984), Tarantola (1987), Sen and Stoffa (1995), Aster
et al. (2005), and Sen (2006). In the following, we will
provide a summary of global optimization methods with
some examples of application to geophysical inversion.
Method
Background
The essential elements of a model-based inversion algo-
rithm include data, model, forward problem, objective
function, and optimization method. We will restrict our-
selves to discrete data d and model m defined by the fol-
lowing vectors

d ¼ ½d1 d2 d3 . . . dN �T ;
m ¼ ½m1 m2 m3 . . .mM �T :

(1)

In general N 6¼ M. The forward problem can be

represented by the following equation

dsyn ¼ gðmÞ; (2)

where g is a nonlinear forward modeling operator that
operates on the model vector to generate synthetic data
vector dsyn. The next step is to define an objective function
that measures a misfit between the observed and synthetic
data using a suitably defined norm. The data residual is
given by

Dd ¼ dobs � dsyn; (3)

where dobs is the observed data vector and the data misfit
norm can be written as

Ddk kp ¼
XN
i¼1

Ddij jp
" #1=p

; (4)

where p is an integer representing the order of the norm.
The most commonly used norm is an L2 norm for which
p = 2 resulting in a minimization of the mean square error.
This corresponds to the popular least squares minimiza-
tion approach.

To address the issues of stability and nonuniqueness,
constraints are incorporated by adding a model norm term,
which can be used to impose smoothness, positivity, and
bounds. A detailed description of this issue is beyond the
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scope of this article. A fairly general objective function
with such constraints using an L2 norm can be written as

FðmÞ ¼ dobs � dsyn
� �T

Wd dobs � dsyn
� �

þ a m�mprior
� �T

Wm m�mprior
� �

;
(5)

where Wd and Wm are the data and model weighting
matrices, mprior is the prior model, and a is a regulariza-
tion weight. The misfit function given by Equation 5 is
also called the objective function, cost function, error
function, energy function, etc., in different applications.
Optimization
The goal of an optimization algorithm is to search for the
minimum of an objective function such as the one defined
by Equation 5. Note that the operator g in Equation 2 is, in
general, a nonlinear operator. Therefore the objective
function (Equation 5) is expected to be non-convex with
multiple peaks and troughs (Figure 2). In other words,
the objective function can have multiple local minima;
the minimum of all the local minima is called a “global”
minimum (e.g., Gill et al., 1981). In most applications,
once an objective function has been defined, the goal is
to find the global minimum of the objective function.

Optimization methods vary depending on the method
of search for the minimum. They can be broadly classified
into two categories: local optimization and global optimi-
zation. The local optimization methods generally use cal-
culus-based rules to find an update in their search. In
other words, they make use of local gradient and/or curva-
ture of the objective function to compute an update. Most
of these methods are deterministic in nature and the
E
rr

or

Model

Starting model

Global minimum

Local
minimum

x

Inverse Theory, Global Optimization, Figure 2 A hypothetical
error function as a function of model (the model is assumed to
have only one model parameter) showing several minima. The
iterative gradient method will find the global minimum only
when starting at position 1. Others will end up in secondary
minima of the error function.
success of these methods is largely dictated by the choice
of the starting model. Only if the starting model is close to
the globally optimal model can we expect to reach the
global minimum using local optimization methods. These
techniques cannot generate or even use the global infor-
mation needed to find the global minimum for a function
with multiple local minima.

The global optimization methods, on the other hand,
are mostly based on stochastic rules and use more global
information about the misfit surface to update their current
position. The interaction between computer science and
optimization has yielded new practical solvers for global
optimization problems, called meta-heuristics. The struc-
tures of meta-heuristics are mainly based on simulating
nature and artificial intelligence tools. Meta-heuristics
mainly invoke exploration and exploitation search proce-
dures in order to diversify the search all over the search
space and intensify the search in some promising areas.
Therefore, meta-heuristics cannot easily be entrapped in
local minima. However, meta-heuristics are computation-
ally expensive due to their slow convergence. One of the
main reasons for their slow convergence is that they may
fail to detect promising search directions especially in
the vicinity of local minima due to their random
constructions.

The convergence of these methods to the globally opti-
mal solution is not guaranteed for all the algorithms. Only
for some of the algorithms under certain conditions is con-
vergence to the globally optimal solution statistically
guaranteed. Also, with real observational data it is never
possible to know whether the derived solution corre-
sponds to the global minimum or not. However, our expe-
rience indicates that we are able to find many good
solutions starting with only poor initial models using
global optimization methods (Sen and Stoffa, 1995). They
are less greedy than the well-known local optimization
methods in that during iterative optimization worse solu-
tions are occasionally accepted, which allow these algo-
rithms to avoid local minima. There are several variants
of global optimization methods; detailed descriptions of
some of these approaches as applied to geophysical inver-
sion can be found in Sen and Stoffa (1995). Here we will
provide brief descriptions of a few commonly used global
optimization methods, namely the Simulated Annealing
(SA), Genetic Algorithms (GA), Neighborhood Algo-
rithms (NA), and Particle Swarm Optimization (PSO).

Simulated annealing
Simulated annealing was first proposed by Kirkpatrick
et al. (1983). It is analogous to the natural process of crys-
tal annealing when a liquid gradually cools to a solid state.
The SA technique starts with an initial model m0, with
associated error or energy E(m0). It draws a new model
mnew from a flat distribution of models within the
predefined limits. Note that each model parameter can be
bounded by different limits. The associated energy (objec-
tive function value) E(mnew) is then computed, and com-
pared against E(m0). If the energy of the new state is less
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than the initial state, the new state is considered to be good.
In this case, the newmodel is accepted and replaces the ini-
tial model unconditionally. However, if the energy of the
new state is larger than the initial state, mnew is accepted
with the probability of exp(�(E(mnew)�E(m0))/T), where
T is a control parameter called annealing temperature that
controls if the “bad” model should be carried over to the
new model. This completes one iteration. It is the rule of
accepting with a probability that makes it possible for SA
to be able to jump out of the local minima. The same pro-
cess is repeated for a large number of times, with the
annealing temperature gradually decreasing according to
a predefined scheme. Hopefully with a carefully defined
cooling schedule, a global minimum can be found. One
may choose a linear, or a logarithmically decreasing
cooling scheme. The tradeoff here is between the computa-
tion cost and the accuracy of the result. Fast coolingwill fail
to produce a crystal (the algorithm gets stuck in a local min-
imum), slow cooling takes a long time but may eventually
find the global minimum.

To speed up the annealing process without much sacri-
fice in the solution, a variant of SA, called Very Fast Simu-
lated Annealing (VFSA) was proposed by Ingber (1989).
VFSA differs from SA in the following ways. The new
model is drawn from a temperature dependent Cauchy-like
distribution centered on the current model (Figure 3). This
change has two fundamental effects. First it allows for
larger sampling of the model space at the early stages of
the inversion when the temperature is high, and much
narrower sampling in the model space as the inversion
Draw a number 0 ≤ r ≤ 1
from a white distribution

Compute new model c
mi 

new = mi 
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m

Conventional SA
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Inverse Theory, Global Optimization, Figure 3 A flowchart for glo
draws models from a Cauchy-like distribution whose shape change
converges when the temperature decreases. Second, each
model parameter can have its own cooling schedule and
model space-sampling scheme. Therefore it allows for the
individual control for each parameter, and the incorporation
of a priori information. For many geophysical inversion
applications, VFSA has been demonstrated to have excel-
lent performance (Sen and Stoffa, 1995).

Genetic algorithm
Genetic algorithms are so named because they emulate the
biological processes of evolution and are based on the
principle of survival of the fittest (e.g., Goldberg, 1989).
In a simple GA, the model parameters are coded in binary
form (Figure 4). The algorithm starts with a randomly cho-
sen population of models called chromosomes. The sec-
ond step is to evaluate the fitness values of these models.
Note that unlike our preceding discussion on optimization
in which we attempt to minimize an objective function,
a GA searches for the maximum of a suitably defined fit-
ness function that measures similarities between the
observed and synthetic data. After the initial selection pro-
cess, the three genetic processes of selection, crossover,
and mutation are performed upon the models in sequence.

In selection, models are copied in proportion to their fit-
ness values based on a probability of selection. Thus dur-
ing this process, models with higher fitness values (lower
error values) have a higher probability of getting selected.

Crossover acts on the selected pairs of models. This
operation picks a crossover site within the paired strings
and exchanges, based on a crossover probability, the bits
Draw a number 0 ≤ r(T) ≤ 1 from a Cauchy-like
distribution which is temperature, T, dependent
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algorithms are based on binary coding of model parameters (a)
and then processes of crossover(a) and mutation (b). Figure (a)
shows bit representation of velocity values and the new values
resulting from crossover at different crossover positions.
Figure (b) demonstrates how the velocity changes with
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between the two models to the right of the crossover site
(Figure 4). Thus the crossover process results in two new
models (or children).

Mutation, which involves changing a bit at random
based on a mutation probability, is applied to the models
to maintain diversity.

After execution of these three processes, the new
models are compared to the previous generation and
accepted based on an update probability (Stoffa and Sen,
1991). The procedure is repeated until convergence is
reached, that is, when the fitness of all the models
becomes close to one another.
Note that the repeated applications of selection, cross-
over, mutation, and update do not necessary guarantee
convergence to the global maximum of the fitness func-
tion. Nonetheless, the algorithm has been found to be suc-
cessful in many optimization problems including those
from Geophysics.
Neighborhood algorithm (NA)
NA was introduced by Sambridge (1999). The principal
idea behind this algorithm is to generate a set of models,
at each generation, whose sampling density is constructed
from all previous models (Sambridge and Mosegaard,
2002). In other words, the proposal distribution to draw
the models from is updated at each iteration. One other
unique feature of the algorithm is that the algorithm
involves portioning of the model parameter space into
nearest-neighbor or Voronoi cells about each of the
models, and thus the information in the previous model
samples drives the search for newmodels. At regular inter-
vals the approximation is updated, and sampling can con-
centrate in multiple regions.
Particle swarm optimization (PSO)
The particle swarm is a stochastic evolutionary computa-
tion technique (Kennedy and Kennedy and Eberhart,
1995) used in optimization, which is inspired by observa-
tion of social behavior of individuals (called particles) in
nature, such as bird flocking and fish schooling. This has
been successfully used in many different science and
engineering fields including Geophysics (Shaw and
Srivastava, 2007). PSO defines a swarm of particles
(models) in an M-dimensional space. Each particle main-
tains memory of its previous best position, pi and velocity,
vi. At each iteration, a velocity adjustment of the particle is
determined jointly by the previous best position occupied
by the particle and the best position of the swarm. The new
velocity is then used to compute a new position for the par-
ticle. The component of the velocity adjustment deter-
mined by the individual’s previous best position has
been termed as the cognition, and the component
influenced by the best in the population is the social part.
The velocity update formula is given by

vki ¼vk�1
i þb:ranð:Þðml

i�mk
i

�þc:ranð:Þ mg�mk
i

� �

mkþ1
i ¼mk

i þavki ;
(6)

where mi
k is the current location; vi

k is the current veloc-
ity; mi

l is the best location so far; mg is the best location
achieved by the swarm prior to the kth iteration; ran(.) is
a random number generator; and a, b, and c are constants.
This algorithm is very intuitive and easy to program.
Applications
Several applications of global optimization to geophysical
data can now be found in the literature. Due to space lim-
itation, only two examples are included here, which are
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particularly intriguing since both of these applications
address the issue of joint inversion of disparate datasets.

Roy et al. (2005) implemented a joint inversion of first
arrival travel time and gravity data with application to
field data from a geologically complex subduction zone.
They employed a layer-based model description, in which
interfaces (which may also be called iso-velocity lines)
were defined by a summation of arc-tangent functions.
Within each layer, the velocity is assumed to vary linearly
with depth at each surface location. Because of the
nonuniqueness of the gravity inversion, they used prior
knowledge to relate velocity to density values. The
nonlinear optimization problem was solved by a very fast
simulated annealing (VFSA) technique. At each iteration,
travel times were generated by the solution of the Eikonal
equation while the gravity anomalies are computed using
a standard formula. The objective function consists of
two parts: one measures the misfit in travel time and the
other measures the misfit of gravity anomalies. The tech-
nique was applied to field data collected over the Ryukyu
subduction zone offshore Taiwan during an ocean bottom
seismometer (OBS) experiment (called TAICRUST)
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Inverse Theory, Global Optimization, Figure 6 Joint inversion of t
point parameterization and very fast simulated annealing (Modified
well data (b); inversion result using only seismic data (c); and invers
conducted in the year 1995. An example of results from
a profile along NS direction is shown in Figure 5. The left
panel in Figure 5 shows the velocity and density models
derived by joint inversion of travel time and gravity data.
The fit between observed and synthetic data is shown in
the right panel of Figure 5.

The second application (taken from Jin et al., 2009) is
that of joint inversion of flow and seismic data for reser-
voir parameters. It is a challenging task in that these dispa-
rate datasets are sensitive to different physics and model
resolutions for the forward problem. To overcome some
of these challenges, Jin et al. (2009) developed a global
optimization method based on very fast simulated
annealing (VFSA) and a pilot-point-based model parame-
terization scheme. Reservoir simulation was used to create
the saturation and pressure distribution with time. The
simulation results were converted to seismic properties
using an appropriate rock physics model. Seismic model-
ing was used to create the seismic response. The objective
function was defined as a weighted sum of data misfit and
model misfit and VFSAwas used to derive optimal model
parameters. Results from application to a synthetic dataset
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ime-lapse seismic and well production data obtained by pilot-
from Jin et al., 2009):true porosity (a); inversion result using only
ion result using both seismic data and well data (d).



632 INVERSE THEORY, LINEAR
are shown in Figure 6. A comparison of results from using
well data alone (top right panel), seismic data alone (bot-
tom left panel), seismic and well data (bottom right) with
the true model parameters (top left panel; a 2D porosity
slice) shows marked improvement with the use of time-
lapse seismic and well production data.

Summary
Most geophysical inverse problems are nonlinear in nature
and require searching for the minimum of an objective
function that is often multimodal. Although linearization
of the forward problems and use of local optimization
methods have been fairly successful in many applications,
many complex problems show suboptimal results using
these methods. The global optimization methods are not
sensitive to the choice of the starting models and make
no assumption on the shape of the objective function.
These methods, however, require numerous forward
model evaluations and are therefore, computationally
expensive. With the advent of cheap fast computers with
large memory, applications of these methods are becom-
ing increasingly popular. In some applications, hybrid
methods based on local and global optimization (e.g.,
Chunduru et al., 1997; Porsani et al., 2000) can be
designed that can take advantage of both the approaches.
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Introduction
The activity of solving inverse problems is all pervading.
We perform this activity throughout our life right since
birth. As a new born baby the first inverse problem we
solve, albeit through pattern recognition, is identification
of mother in a group of persons. In this vein, the geophys-
ical inverse problems are just a member of the class of
inverse problems encountered and studied in science. For-
mally, the inverse problem can be defined as an estimation
of system parameters together with their uncertainties
from the observed system response to a given source exci-
tation. In contrast, the forward problem is defined as com-
putation of response of the system for a given model of its
properties and for a given source excitation. Most of the
geophysical inverse problems are nonlinear by virtue of
the system response being a nonlinear function of system
parameters. However, a widely employed class of method-
ologies solves the nonlinear inverse problems through
quasi-linearization whereby the nonlinear problem is
recast into a sequence of linear problems that are solved
iteratively using linear methodologies. Further, since bulk
of the nonlinearity signatures in a geophysical inverse
problem arise from geometry of the distribution of physi-
cal property, the problem can be recast, in some cases, to
a linear problem when the model geometry is considered
known. For example, in gravity studies, if the domain of
study is divided into small cubes of known volumes and
the unknowns are only the density of cubes, the
corresponding inverse problem is linear. Similarly, in case
of a layered earth model, the problem can be cast into
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a linear one when the layer thickness is assumed to be
known according to some criterion, for example, constant
travel time in case of seismics, constant thickness in
DC resistivity, or constant skin depth in case of
magnetotellurics (Kunetz, 1972; Gupta et al., 1996,
1997). So, there exists an enormous interest in methodol-
ogies for solving the linear inverse problems. This article
deals with general aspects of linear inverse theory, the
description of well- and ill-posed problems, the least
square, minimum norm, and generalized inverses of
a matrix, the data and parameter resolution matrices, and
the ways of handling noise in data. Lastly, the seminal
method proposed by Backus and Gilbert (1967, 1968,
1970) for solving linear inverse problems is discussed in
some detail. For rigorous readings on inversion theory
one can refer the books by Aki and Richards (2002), Indira
and Gupta (1998), Lines and Treitel (1984), Menke
(1984), Scales et al. (2001), Sneider and Trampert
(1999), Tarantola (2005), Tikhanov and Arsenin (1977),
Twomey (1977), and Zhdanov (2002), while for numeri-
cal aspects of inverse problems one can refer the books
by Bjorck (1996), Lawson and Hanson (1995), and Rao
and Bhimasankaram (1992) and also the works of Rojas
and Sorenson (2002) and Saltelli et al. (2006). For applica-
tions and case studies, one can refer Aki and Richards
(2002) and Tarantola (2005) for seismological inverse
problems, Borcea (2002) for electrical impedance tomog-
raphy, Habashy and Abubakar (2004) for electromagnetic
inversion, Mallat (2009) for signal processing, and
Rawlinson et al. (2010) for seismic tomography. For
general geophysical applications one can refer to Treitel
and Lines (2001) and Oldenburg and Li (2004).

Linear inverse problems
The common linear inverse problems can be presented in
the form of Fredholm’s integral equations of first kind,

gðyÞ ¼
Zb

a

Kðx; yÞ f ðxÞdx; c < y < d: (1)

Here, K(x, y) is the kernel function that transforms the sys-

tem parameter function, f(x), into the observable function
g(y). A special class of linear problems is the convolution
problem where the kernel function has the special form
K(y–x).

The problem of obtaining a function, f(t), from its Fou-
rier transform function, F(o), can be looked upon as an
inverse problem as stated below

FðoÞ ¼
Z?

�?

f ðtÞe�iotdt: (2)

Oldenburg (1976) studied this linear inverse problem

using Backus–Gilbert method.

Another example, the gravity anomaly problem can be
stated as
gzðrÞ ¼
ZZZ

v

rðr0Þ
r � r0j j3d

3r0: (3)

re, r(r0) is the unknown density distribution and the
He
remaining factor defines the kernel function. The anomaly
gz(r) is a linear function of density r(r0). It may be noted
that it is a convolution type problem.

Similarly, in DC resistivity method, the apparent resis-
tivity function, ra(r), is linearly related to the resistivity
transform function, T(l), through the kernel function as

raðrÞ ¼
Z ?

0
TðlÞJnðlrÞdl: (4)

Ghosh (1971a, b) transformed this problem to a convo-

lution problem by transformation of independent variables.

The discrete equivalent of linear problems can be cast
in the form of a matrix equation as

Ax ¼ b: (5)

Here, A is an m� n matrix, b is the m-dimensional obser-

vation data vector and x is the n-dimensional parameter
variable vector to be determined.
The traditional solution of this problem exists only for the
case where m=n and the coefficient matrix is non-
singular so that its exact inverse exists. However, in such
special cases also there exist serious problems. Consider
the simple example

xþ y ¼ 2

xþ 1:0001y ¼ 2:0001

The solution of this problem is x = y= 1. However, if the

right-hand side vector is an outcome of some observations
where accuracy is only up to two decimal places, state-
ment of the problem may become

xþ y ¼ 2

xþ 1:0001y ¼ 2:00

The solution will now be x = 2, y = 0. Such drastic change

in the solution vector for a very small change in data vec-
tor is a reflection of the problem being an unstable one.
Similarly, if our coefficient is an outcome of some compu-
tations where the accuracy is only up to two decimal
places, assuming the data vector to be error free, the prob-
lem becomes

xþ y ¼ 2

xþ 1:00y ¼ 2:0001

In this case we find that the two equations are inconsistent.

Lastly, if in the previous case the data is also erroneous,

the resulting equations are

xþ y ¼ 2

xþ 1:00y ¼ 2:00
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w there exist infinite solutions and the problem is
No
nonunique.

These problems of instability, inconsistency and
nonuniqueness invariably crop up while solving inverse
problems. If a problem has any one of these features it is
termed as an ill-posed problem. Hadamard (1902) formal-
ized the definition of a well-posed problem in terms of the
three conditions:

1. The solution exists.
2. The solution is unique.
3. The solution is stable.

Since in applied mathematics one is interested in
obtaining the solution, another condition was subse-
quently added to this list of conditions for a problem to
be termed as well posed, that is,

4. The solution is constructible.

A linear or linearized inverse problem, when cast in
a matrix form, can be solved as a least square problem.
Here, we shall be discussing various ways of solving the
matrix equation in its generality. The various classifica-
tions of matrix equation 5 can be

1. Casewhenm> n=k, is knownas strictlyoverdetermined.
2. Case when n>m=k, is known as strictly

underdetermined.
3. Case when m=n= k, is known as evenly determined.
4. Case when k<min(m,n) is known as underdetermined.

Here, k is the rank of matrix A.
In any real problem the observed data is, in general,

inadequate and inaccurate. As a result the resulting
inverse problem is inconsistent, underdetermined, and
most of the time unstable. Under such adverse conditions
when the exact solution does not exist, the basic task in
solving the matrix Equation 5 pertains to obtaining
a solution that meets the desired objectives. Backus
(1970, 1996), Backus and Gilbert (1967, 1968, 1970),
Jackson (1972, 1979), and others studied these problems
and developed methodologies to obtain a unique solu-
tion. It is inevitable that in such cases there would be
a trade-off between the propagation of data error to
parameter estimation and the parameter resolution. The
inevitable nonuniqueness is removed by incorporating
the available a priori information about the unknown
parameter vector x. The various methods differ in han-
dling the a priori knowledge about data error and model
and in controlling the trade-off between error propaga-
tion and parameter resolution.

To be able to solve Equation 5 one designs a matrix Ag,
termed as generalized inverse, such that

x ¼ Agb: (6)

It is obvious that matrix Ag will not possess all the proper-

ties of the exact matrix inverse, A�1, which can be defined
only for non-singular matrix. For various cases mentioned
above, the generalized inverse will possess only a subset
of these properties. One of the important properties of
exact inverse is AA�1=A�1A= I. In case of a matrix A
of order m� n, the generalized inverse matrix, Ag, will
lead to the product matrices, S=AAg of order m�m and
R=AgA of order n� n and these, in general, will not be
identity matrices. The former product matrix S is termed
as data resolution matrix or information density matrix,
while the latter product matrix R is known as parameter
resolution matrix. These product matrices play an impor-
tant role in the evaluation of quality of solution. Norms
of the deviation of matrices S and R from respective Iden-
tity matrices provide quantitative measures of quality of
information contained in data vector and of the degree of
parameter resolution, respectively.

The matrix Ag can be synthesized in several ways for
a given type of coefficient matrix A. The important
approaches widely employed to solve the Equation 5
lead to

1. Least square inverse
2. Minimum norm inverse
3. Damped least square (DLS) inverse
4. Rao–Mitra generalized inverse
5. Moore–Penrose generalized inverse based on singular

value decomposition (SVD)

All these approaches are briefly presented below followed
by Backus–Gilbert method which also provides a solution
of the linear inverse problem stated as Equation 1.
Generalized inverses
Least square inverse
The least square (LS) solution of a strictly overdetermined
problem was first proposed by Gauss in 1795. The LS
solution exists even for inconsistent system of equations.
It is obtained by minimizing the L2 norm of misfit error
vector, that is,

Minimize eTe ¼ ðb� AxÞTðb� AxÞ
Solution: x ¼ ðATAÞ�1ATb
Inverse:Ag ¼ ðATAÞ�1AT

Information densitymatrix: S ¼ AAg

¼ AðATAÞ�1AT 6¼ Im
Parameter resolutionmatrix:R ¼ AgA

¼ ðATAÞ�1ATA ¼ In

8
>>>>>>>><
>>>>>>>>:

9
>>>>>>>>=
>>>>>>>>;

(6)

The expressions of matrices S and R reveal that the data

quality is not optimal while all the parameters are resolved
exactly.
Minimum norm inverse
The minimum norm (MN) solution of a strictly
underdetermined problem is obtained through constrained
minimization of the L2 norm of the unknown vector x.
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Minimize xTx

Subject to the constraint b� Ax ¼ 0

Solution: x ¼ ATðAATÞ�1b

Inverse:Ag ¼ ATðAATÞ�1

Information densityMatrix:S ¼ AAg

¼ AATðAATÞ� 1 ¼ Im
Parameter resolutionmatrix:R ¼ AgA

¼ ATðAATÞ�1A 6¼ In

8>>>>>>>>>>>>><
>>>>>>>>>>>>>:

9>>>>>>>>>>>>>=
>>>>>>>>>>>>>;

(7)

e expressions of matrices S and R suggest that the
Th
data quality is optimal while all the parameters are
not resolved exactly and there exists linear
dependence amongst some components of the parameter
vector.
Damped least square inverse
The DLS solution of an overdetermined problem when
rank k<min(m,n) was concurrently developed by
Marquardt, Phillips, Tikhanov, and Twomey. It is obtained
by minimizing the two objective functions defining norms
of error e and of unknown vector x, subject to the con-
straint of x satisfying the matrix equation 5.

MinimizeeTe¼ðb�AxÞTðb�AxÞ and xTx

Subject to the constraint b�Ax¼ 0

Solution: x¼ðATAþl2IÞ�1ATb

¼ATðAATþm2IÞ�1b

Inverse: Ag ¼ðATAþl2IÞ�1AT

orATðAATþm2IÞ�1

Informationdensitymatrix: S ¼ AAg 6¼ Im
Parameter resolutionmatrix: R ¼ AgA 6¼ In

8>>>>>>>>>>>>>><
>>>>>>>>>>>>>>:

9>>>>>>>>>>>>>>=
>>>>>>>>>>>>>>;

(8)

Here, the parameter l is a control parameter that repre-

sents relative weighting given to the two objective func-
tions. The expressions of matrices S and R suggest that
neither the data quality nor resolution of parameters is
optimal.
Weighted damped least square inverse
To incorporate any available information about the error
characteristics of data and/or about smoothness character-
istics of parameter vector, the two objective functions opti-
mized in case of DLS inverse, can be redefined in terms of
weightingmatricesWe andWm.We is the data error covari-
ance matrix and Wm is the matrix defining smoothness
characteristics of the desired model. Wm can be
constructed from the low order differences of parameter
vector components.
Minimize eTWe ¼ðb�AxÞT
Weðb�AxÞ and xTWmx

Subject totheconstraint b�Ax¼ 0

Solution: x¼ðATWeAþl2WmÞ�1ATWebor

x¼W�1
m ATðAW�1

m
ATþl2W�1

e Þ�1b

Inverse: Ag ¼ðATWeAþl2WmÞ�1ATWe or

Ag ¼W�1
m ATðAW�1

m
ATþl2W�1

e Þ�1

Informationdensitymatrix : S¼AAg 6¼ Im
Parameter resolutionmatrix : R¼AgA 6¼ In

8>>>>>>>>>>>>>>>>><
>>>>>>>>>>>>>>>>>:

9>>>>>>>>>>>>>>>>>=
>>>>>>>>>>>>>>>>>;

(9)

l the above inverses can be considered as special cases
Al
of the generalized inverse defined by Rao and Mitra
(1971) which is discussed next.

Rao–Mitra inverse
Rao and Mitra (1971) put forth a definition of generalized
inverse, Ag, as any matrix that provides a solution of
matrix equation 5 as

x ¼ Agb: (10)

It is evident that this inverse satisfies the relation
AAgA ¼ A: (11)

This condition leads to two more properties

AAg is idempotent,
AgA is idempotent.
It may be mentioned that idempotent matrices are those

for which any power of the matrix is equal to itself.
Rao and Bhimasankaram (1992) presented a suit of

algorithms for evaluating the generalized inverse using
Gaussian elimination like steps based on elementary row
and column operations that reduce the coefficient matrix
to a Hermite canonical form.

An earlier definition of generalized inverse, A+, given
by Moore (1920) and rediscovered by Penrose (1955),
was based on SVD of matrix A. It satisfies the conditions

AAþA ¼ biA
AþAAþ ¼ Aþ

AAþ is idempotent
AþA is idempotent

8>><
>>:

9>>=
>>;

(12)

Moore–Penrose inverse (MPI) is always unique while

Rao–Mitra inverse (RMI) is, in general, not. In fact, MPI
is one member of the set of all possible RMIs. To elaborate
this point, it may be stated that for a givenSVDofmatrixA,

A ¼ ULVT: (13)

Here U and V are the modal matrices of orders m�m and

n� n, respectively and L is an m� n matrix whose lead-
ing k diagonal elements correspond to the nonzero singu-
lar values and all other elements are zero.
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The MPI is given by

Aþ ¼ VLþUT (14)

Here L+ is the n�m matrix whose first k diagonal ele-

ments correspond to the inverse of nonzero singular values
and all other elements are zero.

In contrast, the RMI is given by

Ag ¼ VLgUT: (15)

Here matrix Lg is an n�mmatrix whose leading k� k

submatrix block is diagonal with nonzero diagonal ele-
ments corresponding to the inverse of nonzero singular
values and all the other submatrices are arbitrary. This
freedom of having arbitrary elements outside the main
k � k block leads to the nonuniqueness of MRI. This, in
turn, leads to nonunique solutions of matrix Equation 5,
which can be derived from a given solution, x(1), of Equa-
tion 5 as

x ¼ xð1Þ þ AgA� Ið Þj (16)

j being an arbitrary vector. One possible vector x(1) can be
x+ the solution obtained using MPI.
Backus–Gilbert method
Backus and Gilbert (1967, 1968, 1970) studied in detail
the problem of synthesizing solutions to a linear inverse
problem expressible as a Fredholm’s equation of first kind
like Equation 1. The main feature of this methodology is
the possible detailed study of the trade-off between param-
eter resolution and error propagation. The Backus–Gilbert
method (BGM) is briefly described here both for continu-
ous and discrete cases.
Continuous inverse problem
The solution of Equation 1 can be represented as

f ðxÞ ¼
Zd

c

Gðx; yÞgðyÞdy; a < x < b (17)

For Equations 1 and 17 to coexist, it is essential that the

functions K(x,y) and G(x,y) satisfy the relations

Zb

a

Gðx; yÞKðx; y0Þdx ¼ dðy� y0Þ; (18)

and

Zd

c

Gðx; yÞKðx0; yÞdy ¼ dðx� x0Þ: (19)

The function d(r�r0) is the transcendental Dirac-delta

function.
Backus and Gilbert brought into focus the infinitely
undetermined nature of the real continuous linear inverse
problems represented by Equation 1. They emphasized that
from the finite observations, it would never be possible to
exactly determine the infinite unknowns constituting the
sought model property function f(x). They circumvented
the problem by seeking not the exact solution but its approx-
imation as a linear superposition of the observed data values.

Let the finite observation set comprise m values
gi = g(yi) with c � y1 � y2 � . . . � ym�1 � ym � d.
Further let the unknown function f(x) need be estimated
at the n argument values a � x1 � x2 � . . . � xn�1 �
xn� b. Now Equations 1 and 17 can be rewritten as

gi ¼ gðyiÞ ¼
Zb

a

KiðxÞf ðxÞdx; 81 < i < m (20)

and

fj ¼ f ðxjÞ ¼
Zd

c

GjðyÞgðyÞdy; 81 < j < n (21)

where

KiðxÞ ¼ Kðx; yiÞ and GjðyÞ ¼ Gðxj; yÞ: (22)

Backus and Gilbert sought an approximation of Equa-

tion 21 as

fj ffi f̂j ¼ f ðxjÞ ¼
Xm
1

ciðxjÞgi (23)

Substituting for g from Equation 20, we get
i

f̂j ¼
Xm
1

ciðxjÞ
Zb

a

KiðxÞf ðxÞdx

For K and f being square integrable, the order of integra-
i
tion and summation can be interchanged and the equation
can be rewritten as

f̂j ¼
Zb

a

Xm
1

ciðxjÞKiðxÞ
" #

f ðxÞdx ¼
Zb

a

Aðx; xjÞf ðxÞdx

(24)

where

Aðx; xjÞ ¼
Xm
1

ciðxjÞKiðxÞ; (25)

is termed by Backus and Gilbert as averaging kernel and is
also known in literature as resolving kernel or scanning
function.

From Equation 24, it is evident that for fj to be exactly
estimated, the averaging kernel should be the Dirac-delta
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function d(x–xj). This equality is, in general, not achievable.
In order to make A(x,xj) as close to d(x–xj) as possible, the
coefficients ci0s are chosen to satisfy a judiciously chosen
d-ness criterion. One such criterion can be

qj ¼ qðxjÞ ¼
Zb

a

J ðx; xjÞ Aðx; xjÞ �Dðx; xjÞ
� �2

dx: (26)

Several pairs of functions J,D have been used by different

workers. Backus and Gilbert used J(x,xj)= 12(x–xj)

2 and
D(x,xj) = d(x–xj). They interpreted qj as the half-width or
spread of the resolving kernel A. Hence, ci0s are so chosen
that these minimize qj subject to the condition that A is
unimodular, that is,

Zb

a

Aðx; xjÞdx ¼ 1 (27)

Expressing Equations 24, 26, and 27 in matrix form,
we get

f̂j ¼ cTg
qj ¼ cTMcþ aTcþ b
uTc ¼ 1

8<
:

9=
; (28)

with

Mij ¼
Zb

a

KiðxÞKjðxÞdx

ai ¼ �2
Zb

a

KiðxÞJ ðx; xjÞDðx; xjÞdx

b ¼
Zb

a

D2ðx; xjÞdx

ui ¼
Zb

a

KiðxÞdx

Using Lagrange’s method of undetermined multipliers,

the solution of Equation 28 is found to be

c ¼ M�1u

uTM�1u
(29)

Substituting these c-values in Equation 23, one gets the

estimate of unknown physical property function fj at argu-
ment value xj. All values f1,f2,. . .,fn are obtained by repeat-
ing the above steps for each x1,x2,. . .,xn.

The quality of solution can be evaluated by analyzing
the characteristics of the averaging kernel A(x,xj), which
ideally should be the Dirac-delta function. Hence, the
deviation of the center of A(x,xj) from xj and the finite
range of x over which A(x,xj) is nonzero may be taken as
pointers to the quality of estimation.

The discussion till now was confined to error-free data.
However, if the data is erroneous and its error covariance
matrix is E, the procedure need to be modified to get
a solution. In such cases, the superposition coefficient vec-
tor c is obtained by minimizing besides qj given by Equa-
tion 26 and the error propagation measure ej given by

ej ¼ cTEc (30)

The two objective functions are combined into one as
rj ¼ cTNc;

where

N ¼ lM þ ð1� lÞE; 0 � l � 1: (31)

The procedure described above can be followed after

replacing matrix M by N and the resulting estimate of
coefficient vector will then be

c ¼ N�1u

uTN�1u
: (32)

Equations 20 and 21 make it obvious that for l= 1, spread

gets minimized but error propagation is uncontrolled
while for l= 0, the spread is unlimited and error propaga-
tion is minimized.
Discrete inverse problem
The implementation of BGM for the discrete case
represented by Equation 5 was given by Gupta (1998)
where it is shown that, for error-free case, if the
unimodularity constraint is not applied the BG estimate
is same as the minimum norm estimate. However, when
this constraint is applied the BG estimate has an additional
correction term.

The solution of matrix equation 5 is synthesized as

x ¼ Agb: (33)

To synthesize Ag some norm of (Ag A�I) is minimized. In

particular, for L2 norm, we can minimize

uTðfAgA� IÞðATAgT � IÞu:
Here uT= (1 1 . . . 1). Minimization yields
Ag ¼ ATðAATÞ�1: (34)

This will lead to the minimum norm solution x .
min
When the unimodularity condition, asking for each

row vector of the resolution matrix R=AgA=AT(AAT)A
to be of unit length, is imposed as constraint, the solution
xBG is found to be given as

xBG ¼ xmin þ u� Ru
uTRu

ðuTmminÞ (35)
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Trade-off between resolution and error
propagation
In Backus–Gilbert (BG) method Equation 31 demon-
strates the trade-off between the two objective functions.
For different values of l one gets different solutions.
Hence, it is expected that some value of l will provide
optimal trade-off solution. BG demonstrated in their paper
of 1970 that when the values of objective functions qj and
rj for each l are plotted against each other, one gets an
L-shaped curve. This curve reveals that for large value of
l, error propagation is uncontrolled and the spread is
optimized while for small value of l, error propagation
is optimized and the spread is uncontrolled. The tip of
the L-curve provides the optimal value of l.

In case of DLS method, the same exercise can be car-
ried out to obtain the optimal value of l. Lot of research
has been put in to devise the strategies to find optimal l
values. Most of these works analyze the dependence of
solution on l through eigenanalysis. For details, one can
refer Calvetti et al. (2000), Hansen (1992), Reichel and
Sadok (2008), and Rezghi and Hosseini (2009).

Summary
This article presents salient aspects of linear inverse prob-
lems. The LS formulations and the Backus–Gilbert for-
mulation are discussed in brief. The information density
and parameter resolution matrices and their importance
are discussed. Finally, the methods for finding the optimal
multi-objective optimization parameter l are briefly men-
tioned. For more details on SVD one can refer to the article
by A. Manglik, while for global optimization techniques
for nonlinear inverse problems one can refer to the articles
by M. K. Sen and byW. Sandham published in this series.
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Definition
Monte Carlo method. A computational technique making
use of random numbers to solve problems that are either
probabilistic or deterministic in nature. Named after the
famous Casino in Monaco.
Monte Carlo inversion method. A method for sampling
a parameter space of variables representing unknowns,
governed by probabilistic rules.
Markov chain Monte Carlo (McMC). A probabilistic
method for generating vectors or parameter variables
whose values follow a prescribed density function.
Introduction
Because geophysical observations are made at (or very
near) the Earth’s surface, all knowledge of the Earth’s
interior is based on indirect inference. There always exists
an inverse problem where models of physical properties
are sought at depth that are only indirectly constrained
by the available observations made at the surface. Geo-
physicists have been dealing with such problems for many
years, and in doing so have made substantial contributions
to the understanding of inverse problems.

Pioneering work on linear inverse problems in the
1960s arose out of the need to understand how to use
new surface observables from seismology to constrain
radial variations in geophysical properties at depth within
the Earth. Data were few in number and attention was
focused on the mathematical structure of the inverse prob-
lem and the ways in which reliable information could be
recovered. This resulted in a series of important papers
beginning with Backus and Gilbert (1967, 1968, 1970).
Since that time the geosciences, like many other fields,
have moved into a data-rich environment with increasing
availability of computational power. Considerable pro-
gress has been made over 30 years utilizing the class of
linear (typically least squares) parameter estimation algo-
rithms, which are common to many areas of the physical
sciences (Aster et al., 2005). In many of the inverse prob-
lems encountered the dependence of data on models is
nonlinear and this must be taken into account for meaning-
ful solutions. Often this is achieved by performing a local
linearization and using Inverse Theory, Linear. As the
mathematical relationship between data and unknowns
becomes complex then linearized methods fail because
they depend heavily on having a starting model for the
iterative process which must be close enough to the solu-
tion for convergence.

Over the last 30 years there has been considerable pro-
gress in the solution of highly nonlinear inverse problems
involving a limited number of parameters so that thorough
exploration can be made of the character of models. Many
algorithms have been devised, most of which make use of
random numbers to make decisions, that is, in how to gen-
erate a set of values of the unknowns whose predictions
can be compared to the available data. The original
description of Monte Carlo methods by Hammersley and
Handscomb (1964) is “the branch of experimental mathe-
matics which is concerned with experiments on random
numbers.” By this definition all inversion techniques that
make use of random numbers are Monte Carlo methods.
Many of the Inverse Theory, Global Optimization inver-
sion methods fall within the class. The particular approach
known as Markov chain Monte Carlo is the primary focus
of the present article.
Nonlinearity and multimodal fitness functions
Figure 1 shows a fitness surface from an inverse problem
that arises in the analysis of infrasound array data.
(Infrasound arrays are used by the United Nations Com-
prehensive Test Band Treaty Organization to monitor
international adherence to the nuclear test ban treaty.)
The height of the surface represents the degree of
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data fit surface arising from the mismatch between two
oscillatory fields in the infrasound inversion problem (Kennett
et al., 2003).

640 INVERSE THEORY, MONTE CARLO METHOD
agreement between two oscillatory fields. There are just
two unknowns in this case, which represent tuning param-
eters in the infrasound array. The object of the exercise is
to best tune the array for sensitivity to incoming atmo-
spheric signals, which means finding the point on the sur-
face where the fitness is maximum.We see a curved rim of
local maxima from background to foreground, with
a broader valley of low fit to the left of the central maxi-
mum (red). The physics of the forward problem, that is,
calculating the oscillatory field corresponding to a pair
of tuning parameters, as well as the nature of the data itself
result in a complicated 2-D fitness function.

The set of unknowns that gives the best fit (i.e., smallest
misfit) to data corresponds to the global maximum of the
multimodal function and to find it one must employ
Inverse Theory, Global Optimization techniques such as
model space search. In this example the global maximum
(at the red central peak) was efficiently found with the
neighborhood algorithm of Sambridge (1999), which uti-
lizes ideas from the field of computational geometry. Opti-
mization techniques based on local Inverse Theory, Linear
would only be suitable once a trial solution is found within
the vicinity of the global peak (shaded red). Adaptive
Monte Carlo-based direct search approaches like genetic
algorithms, simulated annealing, and the neighborhood
algorithm (see Inverse Theory, Global Optimization) are
able to solve this (two unknown parameters) problem rel-
atively easily due to their ability to detect the variation of
the fit and concentrate sampling where there is most
benefit.

This example demonstrates the complexity of inverse
problems in cases where the data are highly oscillatory
waveforms, a common situation in fields such as acoustics
and seismology, where the dimension of the problem is
often much higher.

For the 2-D example in Figure 1, the objective is to tune
a particular instrument for maximum sensitivity, and it is
appropriate to seek a global maximum. More generally
in inverse problems the fitness landscape would represent
the difference between observations and predictions made
by a mathematical model. In this case simply finding the
best-fit solution is inadequate. One needs to characterize
the uncertainty in the solution, for example, assess how
noise in the data lead to errors and trade-offs in the esti-
mated model. Linearized techniques (see Inverse Theory,
Linear) could be used, but all uncertainty estimates are
then based on the assumption of local linearity and do
not truly reflect the global nature of the data constraint.

Another issue that often arises in inverse problems is
that of nonuniqueness (see Inverse Theory, Singular Value
Decomposition). In this case it is not possible to fully con-
strain the unknowns from the data. The model is
unbounded and so best data fit solutions do not exist,
and extra assumptions or independent information must
be introduced to achieve a single optimal solution. In lin-
earized inversion some form of regularization is used.
An example is damping a solution back to some reference
set of values (or model) (Aster et al., 2005). It is well
known that in this case the details of the solution depend
on the nature of regularization used. In addition, uncer-
tainty estimates produced by linearized theory often
reflect the choice of regularization. Typically, the least
well-constrained components of the solution require the
most regularization and resulting uncertainty estimates
are severe underestimates of the real errors (Aster et al.,
2005 for an example) potential leading to overconfidence
in the results.

Bayesian inference
An alternative approach to inversion is Bayesian infer-
ence. Many textbooks and review papers are available.
Discussions within a geophysical context can be found
in Tarantola and Valette (1982), Duijndam (1988a, b),
Sambridge and Mosegaard (2002), and Mosegaard and
Sambridge (2002). In Bayesian inference, all information
on the unknowns is represented in terms of probability
density functions (PDF). Within this framework it is
accepted that all inference is relative. What one learns
from the data gets added to what is known prior to
collecting the data and represented in terms of an
a posteriori PDF. The most commonly used form of
Bayes’ rule is given below

p mjdð Þ ¼ kp djmð ÞpðmÞ (1)

where p mjdð Þ is the PDF of the model vector, m,
containing the unknowns, given the data vector, d,
containing the data; p djmð Þ is the likelihood function mea-
suring the probability of the data, d, being observed given
the modelm; p(m) is the a priori PDF on the model (which
is known or assumed about m before the data are
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collected), and k is a constant of proportionality. In
a Bayesian framework, all information on the unknown
variables in the model is represented by the posterior
PDF, p mjdð Þ and one usually sets about trying to generate
an ensemble of candidate solutions to the inverse problem
whose density is distributed according to this function.
This is termed sampling the posterior PDF.

The posterior PDF is the product of the likelihood
and the prior PDF. Only the former contains the data
vector, d. The likelihood increases as the model fits the
data better relative to the noise in the data. The form of
the likelihood depends on the statistical character of the
data errors. A simple example is a multidimensional
Gaussian function characterized by a mean and
a covariance matrix, both of which are usually known or
assumed. The prior PDF represents information known
about the model before collecting the data represented in
a probabilistic manner, and may take a variety of forms.
Again a multidimensional Gaussian is the most simple,
but rarely is real information in this convenient form.
Prior PDFs can be the most controversial component of
Bayesian inference as there is always a degree of subjec-
tivity in any choice, and the only way to represent no prior
information is to not have a prior PDF. Comparisons of
Bayesian and alternate approaches can be found in
Malinverno and Parker (2005).

We see then that instead of seeking a single optimal solu-
tion, in a Bayesian framework many samples are sought.
Assessment of the constraints placed on the model is
achieved by examining collective properties. Typically, this
is done by plotting the distribution of samples as a function
of one or more subsets of unknowns, calculating credible
intervals to represent uncertainty and covariance matrices
to examine the trade-offs between parameters.

The main task to be carried out is then to generate ran-
dom samples that follow the multidimensional posterior
PDF p mjdð Þarising from the inverse problem. McMC
methods are practical tools for dealing with complicated
probability distributions. Used correctly they result in
(quasi)-independent samples whose density follows any
target PDF. They have been the subject of much research
in fields from Theoretical Physics to Computational statis-
tics. For summaries, see Smith (1991), Smith and Roberts
(1993), and Bernardo and Smith (1994). Below we
describe the McMC method briefly and provide a simple
illustrative example.
Markov chain Monte Carlo
Fixed dimension approach
McMC can be regarded as a combination of random
Monte Carlo sampling and a Markov chain random walk
strategy around the model space. The aim is to produce
an ensemble of models from a probability distribution,
that is, the posterior PDF, using only function evaluations.
The basic approach was developed from the work of
Metropolis et al. (1953), placed in a Bayesian framework
by Hastings (1970), and a useful overview is given in
Gilks et al. (1996). The practical applications lagged
behind theoretical developments as a consequence of the
need for many simulations. However, the increase in com-
puting power over the last 15 years or so has led to a rapid
increase in use of this methodology in geophysics and
other fields of Earth Sciences (e.g., Mosegaard and
Tarantola, 1995; Malinverno, 2002; Sambridge et al.,
2006; Gallagher et al., 2009).

The algorithm is as follows: first we choose an initial
model from the prior distribution, and calculate its likeli-
hood. Then we generate a new model by making
a random perturbation (Monte Carlo) to the current model.
This new model is known as the proposed model and
depends only on the values of the current model (Markov
chain). The final stage is to decide whether we replace the
current model with the proposed model, or stay at the cur-
rent model and repeat the whole process. This important
step is determined from the acceptance criterion, which
is defined below

a ¼ min 1;
pðm0Þpðdjm0Þqðmjm0Þ
pðmÞpðdjmÞqðm0jmÞ

� �
(2)

where m0 and m are the proposed and current models,
respectively, qðajbÞ is the probability of proposing model
a, given a current model b, and the other distributions are
as defined earlier. The decision to accept or reject
a proposed model is made by comparing the value of a
(which is always between 0 and 1) to a uniform (between
0 and 1) random number, u. If u < a then we replace the
current model with the proposed model, if not we discard
the proposed model and stay at the current model. We then
continue the sampling process (perturb the new current
model and so on) for many iterations.

The choice of the proposal function is not critical to the
correctness of the sampler, but does affect the efficiency,
performance, and convergence. A typical choice might
be a normal distribution, centered on the current model,
and then we need to tune the performance through the
scale parameter of this distribution (e.g., the variance). If
we choose too small a scale parameter, the proposed
model will be very similar to the current model, their like-
lihoods will be similar, and we will almost always accept
the proposed model. If we choose too large a scale param-
eter, the proposed model will tend to be very different to
the current model, and lead to large changes in the likeli-
hood, which are more likely to be rejected. In practice,
both situations mean that we tend to move slowly around
the model space. The proposal functions need then to be
tuned for particular problems to achieve a reasonable bal-
ance between accepting and rejecting the proposed
models. A reasonable rate of acceptance is around
30–40%. Generally, we can choose proposal functions
that are symmetrical, so that qðajbÞ ¼ qðbjaÞ, so these
terms cancel out in the acceptance criterion. Also, if we
choose uniform prior distributions, then the prior terms
also cancel. The acceptance criterion then reduces to the
original Metropolis et al. (1953) algorithm.
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After an initial period sampling (known as the burn-in),
the current model from each iteration is taken as
representing a sample from the posterior distribution (the
sampling chain is then stationary). If the model space
has N dimensions, and we are interested in the distribution
on one of the parameters, mi, for example, then formally
we need to solve the following integral

pðmiÞ ¼
Z

pðmi;mjÞdmj;

j ¼ 1; ::; i� 1; iþ 1; :::;N
(3)

that is we need to integrate out the variation in all param-
eters except mi. This is known as marginalizing and
pðmiÞis the marginal probability distribution of mi. Using
the McMC samples, we can just plot all value of mi as
a histogram as the sampling effectively deals with the
integration.

Also, it is straightforward to calculate estimates of the
expected (or average) value for any parameter. Formally,
we have the expected value for parameter mi defined as

E mið Þ ¼
Z

pðmiÞmidmi (4)

Using the McMC samples, we simply average over all

the samples accepted for that parameter, that is,

E mið Þ ¼ 1
Na

XNa

j¼1

m j
i (5)

where Na is the number of samples accepted (post-burn-
in) for model parameter mi

Transdimensional approach
A major issue concerning most inverse problems, and the
approaches used to solve them, is how best to balance the
twin desires of fitting the observations and avoiding intro-
duction of unjustified complexity in the resulting models.
Green (1995) introduced a transdimensional form of
McMC (referred to as Reversible Jump), in which the
inversion procedure involves the inference of the model
complexity (see also birth–death McMC Geyer and
Møller, 1994). For finite dimension models (with a fixed
number of unknowns) this then typically becomes
a question of determining the dimension of the model. If
we are dealing with two models with dimensions k and
k’, then acceptance criterion can be written as

a ¼ min 1;
pðk0Þpðm0jk0Þpðdjm0; k0Þqðmjm0Þ
pðkÞpðmjkÞpðdjm; kÞqðm0jmÞ

� �
(6)

Here we separate the prior on the number of dimension,

p(k), from the model parameter prior, p(m|k). The proposal
function q() becomes more complex as we now want to
propose models with different dimensions. Moreover, we
need to allow for the transformation from one model to
another to ensure that theoretical probability requirements
are maintained. In dealing with a situation where we are
simply increasing or decreasing the number of parameters,
we can write

a ¼ min 1;
pðk0Þpðm0jk0Þpðdjm0; k0Þgðuk0 Þ
pðkÞpðmjkÞpðdjm; kÞgðukÞ Jj j

( )
(7)

Here uk
0
and uk are vectors of random numbers of length
r0 and r, respectively, and used to transform from one
model to another, such that r+k = r0+k0, and g(.) is the
probability distribution used to generate these random
numbers. The term |J| is the Jacobian, and allows for the
transformation between the two models, that is,

Jj j ¼ @ m0; uk
0� �

@ m; ukð Þ (8)

The last equation for a is actually a general form for the

acceptance criterion, although for fixed-dimensional
problems the Jacobian is generally 1, and the proposal
functions are of the form as described earlier. The details
of the reversible jump acceptance criterion are discussed
in more detail by Green (2003), Malinverno (2002), and
Sambridge et al. (2006) and examples of the implementa-
tion algorithms for variable dimension problems are given
in Jasra et al. (2006), Bodin and Sambridge (2009),
Charvin et al. (2009), and Hopcroft et al. (2009). One
important characteristic of the Bayesian transdimensional
formulation is that it is naturally parsimonious. For two
models that fit the data equally well, it will tend to favor
simpler models over complex ones as a consequence of
the posterior probability effectively being penalized
through the addition of more terms to the prior
distribution.

A simple example
To demonstrate McMC in action, we choose a simple two
parameter linear regression problem, that is,

yi ¼ m0 þ m1xi þ ei; i ¼ 1; :::;N (9)

where m0 and m1 are the model parameters, y is an
observed/measured value, and e is the data error. In
a Bayesian formulation, this problem has an analytical
solution for a uniform prior on the model parameters,
assuming the data error is known (Lee, 1989, p. 180).
We chose m0 = m1 = 1 and generated 100 synthetic data
(y) for random values of x between 0 and 100, and added
noise (e = 0.5). We used Gaussian proposal distributions,
with different scale parameters (sm0 ¼ 0:01, and
sm1 ¼ 0:001). In Figure 2 we show the sampling for the
two parameters, starting from a randomly selected model.
Figure 2a shows that the sampler has not reached the sta-
tionary state until at least 1,500–2,000 iterations. Figure 2b
shows the sampling for parameter m1 for later iterations
which is clearly stationary. The sampling resembles
a white noise spectrum about the mean (or expected)
value, lacking any internal structure as a function of
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iteration. It is also clear that the sampler manages to move
toward the upper and lower extreme values of the param-
eter range (determined by the posterior PDF and the pro-
posal function scale parameter). These are diagnostic
(but qualitative) characteristics of stationarity.

Figure 2c shows the 2-D distribution of samples of the
post-burn-in accepted samples (here we thinned the chain
taking every 100th sample), compared to the log likeli-
hood function (which is proportional to the log of the pos-
terior distribution as we use uniform priors). The density
of the sampling increases around the high likelihood
values, but there are still some samples from the lower
likelihood regions. Figure 2d and e shows the marginal
distributions for the two parameters as a frequency
histogram, and also the analytical solutions (scaled to the
same peak height). These are constructed simply by taking
all the accepted values for a given model parameter, as the
sampler effectively integrates out the other parameters.
Also shown are the 95% credible interval ranges for each
parameter. These are constructed by sorting all the sam-
ples for a given parameter in ascending order, and finding
the indices for the credible values such that 2.5% of the
samples are less than the lower credible value, and 2.5%
of the values are greater than the upper credible value.
Again, we can see that the sampler has managed to distrib-
ute itself across the distribution according to the posterior
probability and these histograms are good representations
of the marginal distributions.
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Summary
Monte Carlo sampling, relying on random numbers, has
been used in Geophysics for over 40 years, although the
increase in computing power has seen a commensurate
increase in applications in the last 15 years or so. This
approach avoids the use of gradients, is robust to local
minima, and so is suitable for nonlinear inverse problems
which often have complex misfit (or fitness) surfaces in
high dimensions. McMC, particularly when used in
a Bayesian formulation, provides a means of sampling
a model space according to the (unknown) posterior distri-
bution for the model parameters. Transdimensional (or
reversible jump) Markov chain Monte Carlo generalizes
this approach to allow models of different dimensions to
be considered, and provides a means of choosing between
models of differing complexity. Quantifying the posterior
distribution with McMC is then a solution to the inverse
problem and various types of inference can be made from
this distribution (e.g., expected values, marginal distribu-
tions, credible intervals) to characterize the model space.
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Definition
Condition number. Ratio of the largest singular value to
the smallest singular value of a matrix. For a singular
matrix it is infinite and it is very large for an ill-
conditioned matrix.
Description
Linear geophysical inverse theory (Inverse Theory,
Linear) deals with solving a system of linear equations,
represented in matrix form as

Ax ¼ b; (1)

where A is a m� n Jacobean matrix, x a n� 1column
vector of perturbations in unknown model parameters
with respect to a reference model, and b the corresponding
m� 1 column vector of perturbations in observed
responses. For a full rank square matrix
(m ¼ n ¼ p : the rank of matrix A), it is easy to find a
unique inverse A�1 and estimate the model parameters
as x ¼ A�1b. However, geophysical inverse problems
mostly deal with inversion of rectangular matrix A
whereinm is either greater than n (over-determined system
representing more number of observations than the
unknown parameters, also known as least squares solu-
tion) or less than n (under-determined system representing
less number of observations compared to the unknown
parameters, also called minimum norm solution). For
many geophysical problems the rank p of the matrix is less
thanm and n. In such situations, linear geophysical inverse
theory aims at finding out a pseudo-inverse A�of A such
that

x̂ ¼ A�b; (2)

where x̂ represents the column vector of the estimated
model parameters. Moore (1920) and Penrose (1955),
using a spectral decomposition form of matrix A, showed
that there exists a unique pseudo-inverseA� of the matrix
A such that (1) AA�A ¼ A, (2) A�AA� ¼ A�,
(3) AA�ð ÞT ¼ AA�, and (4) A�Að ÞT ¼ A�A, where
superscript Tdenotes the transpose of matrix. Further
details can be found in Inverse theory, linear.

Singular Value Decomposition (SVD) is a powerful
tool to invert matrices that are either singular or numeri-
cally very close to singular (ill-conditioned system). Stan-
dard matrix equation solvers can fail in such situations.
The advantage of SVD is that one need not a priori know
the nature of the problem, that is, whether it is over deter-
mined, under determined, or partially determined. SVD is
very general in the sense that it can be applied to any arbi-
trary size matrix. The technique was discovered indepen-
dently by Beltrami in 1873 and by Jordan in 1874 as a
tool to solve square matrices and was extended to rectan-
gular matrices by Eckart and Young in the 1930s (Stewart,
1993). Its use as a computational tool dates back to
the 1960s (Golub and Kahan, 1965; Golub and Reinsch,
1970). Golub and van Loan (1996) demonstrated its use-
fulness and feasibility in a wide variety of applications.

Following SVD, a matrix A of size m� n is factorized
in the form

A ¼ ULVT ; (3)

where U is a m� m unitary matrix,L is a m� n diagonal
matrix, and V is a n� n unitary matrix. The columns of
V form a set of orthonormal vectors called parameter
eigenvectors and the columns of U form a set of orthonor-
mal basis vectors called data eigenvectors. For a special
case of m ¼ n, the matrix L has the form

L ¼
s1 0 � � � 0
0 s2 � � � 0
..
. ..

. . .
. ..

.

0 0 � � � sn

2
6664

3
7775; (4)

where s1; � � � ;sn are called the singular values of matrix
A. The number of nonzero singular values is equal to the
rank of A. In the SVD representation, the singular values
are arranged in the order of decreasing amplitude, that is,

s1 � s2 � � � � � sn: (5)

For a real matrix, the columns of matrices U and V are

orthogonal, that is, UTU ¼ I and VTV ¼ I, where I is the
identity matrix and T is transpose of matrix. For complex
matrices transpose is replaced by complex conjugate.
Inverse of A
The expression for the inverse of A can be obtained by
first substituting Equation 3 into Equation 1 to get

ULVTx ¼ b: (6)

and then applying the following orthogonal
transformation

b ¼ Ub0; x ¼ Vx0; (7)

and multiplying Equation 6 by UT, which gives

Lx0 ¼ b0: (8)

Since L is a diagonal matrix, we can easily get
x0 ¼ L�1b0: (9)

From Equation 7 and Equation 9, and orthogonality prop-
erty of data and parameter eigenvectors, we get
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x ¼ VL�1UTb; (10)

or the inverse of A can be written as

A�1 ¼ VL�1UT : (11)
Rank-deficient matrix and its inverse
The advantages of above spectral decomposition can be
seen in the case of A being a singular matrix. Let us
assume that only p of n singular values of A are nonzero.
In this case, the data and parameter eigenvectors can be
split into two sub-spaces representing nonzero eigen-
space and null-space, respectively, that is,

L ¼ Lp 0
0 0

	 

; U ¼ Up;U0

� �
;

V ¼ Vp;V0

� �
;

(12)

then

A ¼ Up;U0

� � Lp 0
0 0

	 

Vp

V0

	 
T
; (13)

which gives

A ¼ UpLpV
T
p : (14)

This indicates that matrix A can be reconstructed only

from nonzero singular values and corresponding vector
spaces. An inverse of a rank-deficient matrix can be writ-
ten as:

A� ¼ VpL
�1
p UT

p ; (15)

by substituting Equation 12 into Equation 11.

Ill-condition matrix
Equation 15 assumes that the singular values of the system
are either zero or positive scalars. If some of the singular
values are very small then it is easy to see that the inverse
of such values can be very large and, in the case of error in
data, can lead to unstable solutions. Stability of the matrix
inverse can be defined in terms of ratio of largest to
smallest singular value, also called the condition number

� ¼ s1
smin

: (16)

The matrix is ill-conditioned if the condition number is

very large. In such situations, the system can be stabilized
by specifying a cutoff threshold �0 for the condition num-
ber and ignoring all singular values that lead to the condi-
tion number larger than this threshold. Let there be
p nonzero singular values arranged in decreasing order
of their amplitudes of which only the first q singular
values have the condition number smaller than �0. Then
qþ 1; � � � ; pð Þ singular values can be reset to zero thus
reducing the rank of the matrix to q. This can be
understood as ignoring finer details of the parameter
space, which are associated with small singular values.
Geophysical inverse problems normally fall under this
category.

For least square inverse problems, where an inverse of
A is given by the expression

A� ¼ ATA
� ��1

AT ; (17)

Marquardt (1963) suggested that an ill-conditioned matrix
ATA may be stabilized by adding an arbitrary damping
factor l to its diagonal elements, that is,

A� ¼ ATAþ l2I
� ��1

AT : (18)

In terms of singular value decomposition, it amounts to

boosting the small singular values of the matrix ATA.
This can be shown by expressing Equation 18 in terms
of singular values decomposition of the matrix A, which
gives

A� ¼ Vdiag
s

s2 þ l2

� �
UT ; (19)

where diag . . .ð Þ represents the elements of a diagonal
matrix. Here, it can be seen that adding l to small singular
values stabilizes the inverse.

Sensitivity to errors in data
Field observations normally contain noise superimposed
on the actual response. If we assume a noise vector « then
we observe bþ « instead of b. This leads to an error dx in
the estimated model parameters. Therefore, for noisy data
Equation 1 may be written as:

A xþ dxð Þ ¼ bþ «: (20)

Substituting from Equation 1, we get
Adx ¼ «: (21)

Expressing matrix A in spectral form and applying

orthogonal transformation dx0 ¼ Vdx and «0 ¼ U«, Equa-
tion 21 gives

dx0 ¼ L�1«: (22)

This shows that in the case of small singular values

small error in data yields large error in estimated model
parameters. This problem of instability of estimated model
parameters can be overcome by either truncating the small
singular values or boosting these by adding a Marquardt
damping factor, as discussed in the previous section. Such
treatment nevertheless results in loss of finer details of the
model parameters.

Resolution matrices
In linear inverse theory, the concepts of parameter resolu-
tion and data information density analyses are used to ana-
lyze the resolution of estimated model parameters and the
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regions of data contributing maximum to these model esti-
mates. These resolution matrices can be expressed in
terms of data and parameter eigenvectors. Parameter reso-
lution matrix for a rank-deficient system can be obtained
by substituting Equations 1, 14, and 15 into Equation 2,
which gives

< ¼ VpV
T
p : (23)

For a well-resolved system< is an identity matrix I. For

a rank-deficient system this matrix provides information
about the equivalence of various model parameters.

Similarly, data information density matrix can be writ-
ten as

= ¼ UpU
T
p ; (24)

by substituting Equations 2, 14, and 15 into Equation 1.
Jupp and Vozoff (1975) provided an elegant description

of the concepts of stability of solution and resolution of
model parameters for geophysical data contaminated by
noise and Vozoff and Jupp (1975) showed its application
to Direct Current (DC) electrical resistivity and
Magnetotelluric (MT) data interpretation.
Summary
SVD is a powerful tool to solve geophysical linear inverse
problems, which often deal with rank-deficient singular
matrices. The advantage of SVD is that one need not
a-priori know the nature of the problem, that is, whether
it is over determined, under determined, or partially deter-
mined. It is very general in the sense that it can be applied
to any arbitrary size matrix.
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Synonyms
Isostacy – (Dutton, 1882)
Definition
Isostasy. A principle or general law (Heiskanen, 1931).
Isostasy considers there is a certain surface within the
Earth, known as the depth of compensation, on which
the vertical stresses due to an overlying column of rock
are equal (isos = Greek isоB “equal,” stasis = Greek
stάsiB “a standing still”). Isostasy implies a state of
hydrostatic equilibrium such that the Earth’s crust and
mantle float on their substrate and light regions have
a greater elevation than dense regions.
Isostatic equilibrium. An idealized state that the outermost

layers of the Earth tend toward following their disturbance
by the addition or removal of loads associated, for exam-
ple, with the waxing and waning of ice sheets, the growth
and decay of volcanoes and the deposition, sliding and
slumping of sediments.
Local isostasy. A hypothesis that the outermost layers of

the Earth are weak such that the deformation caused by
loading and unloading is localized, intense, and may
involve faulting.
Regional (or flexural) isostasy. A hypothesis that the out-

ermost layers of the Earth have an intrinsic strength such
that they resist the deformation associated with loading
and unloading and bend (or flex) over a broad area rather
than break.
Thermal isostasy. A hypothesis that the outermost layers

of the Earth form a cooling thermal boundary layer and
that regional differences in topography are controlled by
differences in the temperature structure such that hot
regions have a greater elevation than cold regions.
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Historical background
Isostasy is a principle that has played a major role in our
understanding of the structure, morphology, and tectonic
evolution of the Earth’s outermost layers. The term was
first coined by Dutton (1889), but there is evidence
(Delaney, 1940; Vai, 2006) that the equilibrium state of
the Earth’s crust was being considered much earlier by,
for example, the Italian scientists Leonardo da Vinci
(1452–1519), who pondered the occurrence of marine
fossils at high elevations in mountain ranges, and Luigi
Fernando Marseli (1658–1730), who was puzzled about
the juxtaposition of ocean deeps and mountains. J. F. W.
Herschel (1792–1871) was one of the first to link subsi-
dence in one area to uplift in another by some sort of sub-
crustal mantle flow and both C. Lyell (1797–1875) and C.
Babbage (1790–1871) appreciated that the same area of
the crust could experience both subsidence and uplift.

The breakthrough that led to the formulation of the
principle of isostasy came following George Everest’s
pioneering geodetic work in India. Airy (1855) and then
Pratt (1855) used Everest’s deflection of the vertical data
in northern India to address the question of how the Hima-
layan mountains were supported at depth. Fisher (1881),
who favored Airy’s hypothesis that the Himalaya were
supported by a deep crustal “root,” concluded that the
Earth’s crust was in a state of hydrostatic equilibrium
and floated on its fluid substrate, much like an iceberg in
seawater.

Today, we tend to think of isostasy as a restraining force
rather than a plate tectonic driving force like ridge push or
trench pull. Isostasy is a process that acts on the topogra-
phy created at the plate boundaries by continental rifting,
breakup, and mountain building so as to reshape it and
redistribute the stresses that have built up. The existence
of regions of large topographic relief, unusually thick
and thin crust, and large-amplitude gravity anomalies are
all pointers that isostatic equilibrium does not prevail
everywhere. The main challenge in isostatic studies has
been to quantify the degree to which the hydrostatic equi-
librium of Earth’s crust is achieved and the time and spa-
tial scales over which it operates.

A number of isostatic models have been proposed,
three of which are illustrated in Figure 1. Airy and Pratt
are local models in which changes in the Earth’s topogra-
phy are supported by either changes in the thickness of
a uniform density crust or by lateral changes in density
of the crust and mantle. Both models imply that the crust
and mantle responds to loads (e.g., volcanoes) or unloads
(e.g., erosion) locally such that neighboring regions are
not involved in their support or removal. They imply an
intrinsically weak crust that responds to loads and unloads
locally, intensely, and in some cases by faulting. Vening
Meinesz, on the other hand, is a regional model in which
loads and unloads are supported by a gentle bending or
flexure over a wide area rather than by faulting.

It is important to remind ourselves that the models in
Figure 1 are highly idealized and only represent the state that
the Earth’s outermost layers would tend toward in the
absence of disturbing forces. These disturbing forces include
many of the great cycles of geology such as the waxing and
waning of ice sheets, the growth and decay of volcanoes,
and sedimentation and erosion. Each of these processes is
potentially a disturbing force that could act to delay or even
prevent isostatic equilibrium from being achieved.

There is now a considerable body of work that indicates
the Earth is a dynamic planet that is continuously being
deformed. Isostasy, on the other hand, is a static concept
that refers to a crust and mantle that has already moved
and is now in equilibrium. It therefore appears at odds with
current geodynamic views. But isostatic studies of the
deformation that follows large earthquakes, late-glacial
rebound, and volcano emplacement provide “snapshots”
of the way that the crust and mantle responds to loads
and unloads over certain temporal and spatial scales
(Watts, 2007). Together, these “snapshots” provide infor-
mation on lithosphere behavior and the clues as to how
the crust and mantle would actually deform in response
to continually applied loads and unloads.

A goal of isostatic studies is to determine the vertical
motion history of the Earth’s crust and mantle on short,
through intermediate to long timescales. Therefore, isos-
tasy is central to studies of environmental change, espe-
cially those that are aimed at determining the relative
role of tectonics and sea-level change in controlling the
position of the shoreline today and in the geological past.
Most significantly, isostatic studies provide information
on how the lithosphere responds to the load and unload
shifts that occur during climate-driven glacial and inter-
glacial cycles. We are presently in an interglacial, for
example, yet the isostatic effects of the Last Glacial Max-
ima (LGM) are still clearly visible today in tide gauge and
satellite Global Positioning System (GPS) data. Isostasy is
a key to understanding the lithosphere on which we live
and how it interacts with the asthenosphere below and
the cryosphere, hydrosphere, and atmosphere above.

Concepts and applications
The isostatic models illustrated in Figure 1 imply different
gravity anomalies and crustal and mantle structures. Airy
and Pratt, for example, predict that free-air gravity anom-
alies will generally be small over elevated regions (e.g.,
volcanoes) because they are underlain by either a thick,
uniform density, crustal “root” or a constant thickness
low-density crust, the negative gravitational effect of
which will compete with the positive effect of the volcano.
Vening Meinesz, on the other hand, predicts a shallower
depth to Moho than Airy or Pratt and, hence, the free-air
gravity anomaly will be generally large over a volcano
because its gravity effect will now dominate over that of
the compensation.

Figure 2 shows the topography, free-air and isostatic
gravity anomalies in the region of northern India where
the early geodesists carried out their classical work. The
isostatic anomaly has been calculated by subtracting
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Isostasy, Figure 1 The main types of isostatic models. Each model implies a state of hydrostatic equilibrium such that the Earth’s
outermost layers are in a state of flotation on their more fluid substrate. The names (e.g., Airy-Heiskanen) refer to theworkers who first
conceived and quantified the models. Vertical (lithostatic) stresses are constant on the depth of compensation in the Airy-Heiskanen
(Airy, 1855; Heiskanen, 1931) and Pratt-Hayford (Pratt, 1855; Hayford, 1909) models and vary laterally in the Vening Meinesz model
(Vening Meinesz, 1931). (a) Airy model in which isostatic equilibrium is achieved by variations in the thickness of a uniform
low-density crust that overlies a high-density mantle. (b) Pratt model in which isostatic equilibrium is achieved by lateral changes in
the density. (c) Vening Meinesz model in which the topography is considered as a load and isostatic equilibrium is achieved by
flexural downwarping and upwarping of the crust andmantle over a broad area. In this model, a load is supported by the strength of
the lithosphere (which is determined by its effective elastic thickness, Te) and the buoyancy of the underlying asthenosphere.
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(and thereby removing) the positive gravity effect of the
topography and the negative gravity effect of the Airy
compensation from the observed free-air gravity anomaly.
The Root Mean Square (RMS) of the free-air gravity
anomaly variation about its mean is 87.8 mGal, while
the RMS of the Airy isostatic gravity anomaly is 45.9
mGal. The RMS values show that the free-air gravity
anomaly is substantially reduced after a correction for
isostasy, and so wemay conclude that equilibrium prevails
to a significant degree in the northern Indian region.
Despite this success, Figure 2a shows that significant
departures still remain in the Airy isostatic anomaly
map. The most striking are the positive–negative anomaly
“couples” that correlate with the edge of the Tibetan Pla-
teau, particularly its boundary with the Ganges and Tarim
foreland basins. The negative anomalies are usually on the
basin side while the positive anomalies are on the plateau
side, which implies that the Moho is deeper than expected
for Airy on the basin side and shallower on the plateau
side. Such a Moho geometry can be explained if we
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assume that the load of the Himalaya and Kunlun moun-
tains is supported by the strength of the underlying crust
and mantle, which flexes over a broad region that extends
beyond the mountains themselves. The Vening Meinesz
model takes into account these ideas of loading and bend-
ing, and Figure 2c shows that when an elastic plate flexure
model is used to compute the compensation rather than an
Airy model, the RMS of the isostatic anomalies is reduced
even further. A useful parameter in the Vening Meinesz
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(2003) and Jordan and Watts (2005) have already shown,
using inverse methods, that Te is <30 km over the central
and northern Tibetan Plateau and>30 km over the Ganges
and Tarim foreland basins.

Another way to test isostasy on a regional scale is to
compare compilations of the seismically constrained crustal
structure directly to the predictions of isostatic models.
Figure 3 shows, for example, an 18,000 km long transect
crossing the Indian, Atlantic, and Pacific Oceans along
which observed and calculated depths to Moho are com-
pared. The observed Moho is based on CRUST2.0 (Bassin
et al., 2000), a 2 � 2 grid of P-wave velocity and crustal
thickness data derived from controlled source seismic data.
The calculated Moho is based on Airy. The figure shows
that the calculated Airy Moho tracks the observed seismic
Moho well, especially at continental margins.

The main departures are in the Atlantic Ocean where
the observed Moho depth is shallower than predicted by
Airy and beneath the East Coast, U.S. margin and Persian
Gulf where the observed Moho depth is deeper.
The shallower depths can be explained by our assump-
tion of a relatively high subcrustal oceanic mantle
density (3,330 kg m�3), which if reduced (e.g., to
3,180 kg m�3) beneath a mid-ocean ridge would result
in a shallower Moho depth and better agreement with the
seismic Moho depths. The idea of a relatively low-density
subcrustal mantle beneath the ridge suggests a Pratt rather
than an Airy model of isostatic compensation. Indeed,
Pratt has been assumed in thermal cooling models (Sclater
and Francheteau, 1970) for the variation of seafloor depth
and heat flow with age and the model may well apply to
other cases of thermal isostasy, for example, at mid-plate
oceanic swells (Nakiboglu and Lambeck, 1985).

The deeper depths than predicted by Airy are associated
with thick sediments at the East Coast, U.S. coastal plain
and the Zagros foreland basin. Here, flanking loads due
to rifting and thermal contraction and thrusting and fold-
ing have flexed the Moho downward over a broad area
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Gulf of Mexico

margin

Atlantic Ocea
       basin

Pacific Ocean
basin

km

Eastern US
Appalachians

0

20

40

New York

Seismic
 Moho

 Airy
Moho

Isostasy, Figure 3 Comparison of the crustal structure based on se
assuming an Airy model along an 18,000 km long great circle profi
the Atlantic Ocean to the Indian Ocean in the east. The seismic refrac
rem.html and the Airy model is based on the same parameters as a
such that Moho is deeper than would be expected for an
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The role of flexure in contributing to crustal structure is
well illustrated in Figure 4, which shows the results of
a recent seismic reflection and refraction survey of the Lou-
isville Ridge seamount chain near its intersection with the
Tonga-Kermadec trench (Contreras-Reyes et al., 2010).
The survey utilized a large-volume air gun source array
and 39 ocean bottom seismometer receivers spaced 15 km
apart were deployed. The source–receiver geometry was
such that full ray coverage of the seamount and the underly-
ing oceanic crust and uppermost�10 km of the mantle was
achieved. Figure 4a shows that the seismically constrained
Moho cannot be explained by an Airy model that predicts
too deep a Moho beneath the seamount and too shallow
a Moho in flanking regions. The best fit between observed
and calculated Moho depths (Figure 4b) is for a flexure
model of isostasy with Te =10 km. Such a model explains
well the observed depth to Moho beneath both the sea-
mount edifice and flanking regions.
Current investigations
One of the most important results to have emerged from
isostatic studies over the past 40 years has been the link
that has been made between the Te derived from flexural
modelling and the long-term strength of the lithosphere.
Data from experimental rock mechanics, for example,
suggest that the strength of oceanic lithosphere is limited
by brittle deformation in its uppermost part and by ductile
flow in its lowermost part (Goetze and Evans, 1979). This
strength profile implies that loads applied to the surface
(or base) of the lithosphere will be supported partly by
the brittle and ductile strength of the lithosphere and partly
by a central “core” that deforms elastically. It has been
shown that oceanic Te reflects the thickness of this “core,”
which will be small in regions of young crust, large loads,
and high curvature of bending and high in regions of old
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Isostasy, Figure 4 Comparison of the observed crustal structure
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in Figure 2. (b) Flexure model with Te =10 km.

652 ISOSTASY
crust, small loads, and low curvature (Watts and Burov,
2003). Oceanic Te is in the range 0–40 km, and since the
oceanic crust is only �8 km thick we may conclude that
not only the crust but also the mantle is involved in
supporting long-term geological loads.

Figure 5 shows that Te at seamounts and ocean islands
and deep-sea trench and outer rise systems increases with
the age of the lithosphere at the time of loading, being
small at volcano and trench loads that form on young sea-
floor (e.g., on-ridge) and large at loads on old seafloor
(e.g., off-ridge). Thus, as the oceanic lithosphere cools,
subsides, and increases in age following its creation at
a spreading center, it becomes more rigid in the way that
it responds to loads. Interestingly, most seamount and oce-
anic island values fall within the 300–600C isotherm
envelope based on the cooling plate model of Parsons
and Sclater (1977) while most trench and outer rise values
require a higher controlling isotherm in the region 450–
800C. This difference in the range of controlling iso-
therm can be explained by difference in the load age,
which is small (essentially present day) at deep-sea
trench-outer rise and large (�1.5–100 Myr) at seamounts
and oceanic islands. Indeed, a load age dependency
explains much of the scatter in plots of Te vs. the age of
the lithosphere at the time of loading. Other possible con-
tributors are uncertainties in load, infill, and mantle densi-
ties; thermal perturbations due to hot and cold spots; and
yielding in regions of large loads and high curvature.

Most of the Te estimates plotted in Figure 5 are based on
a forward modelling approach in which the gravity or
geoid anomaly, surfaces of flexure, or vertical motion his-
tory are calculated and compared to observations. The best
fit Te is then determined by a “trial and error” comparison
of the observed and calculated. While forward modelling
is a satisfactory way to estimate Te, the number of sites
where information on both load and plate age are available
is limited.

Technological improvements in satellite radar altimetry
and shipboard multibeam (swath) bathymetry data acqui-
sition systems have led to a rapid increase in the number
of Te estimates. Watts et al. (2006), for example, used sat-
ellite-derived gravity data together with a reciprocal
admittance technique to predict bathymetry for different
values of Te. By comparing observed and calculated
bathymetry these workers obtained 9,758 individual esti-
mates of Te, 291 of which were at sites where both load
and plate age were known. Bry andWhite (2007) used sat-
ellite-derived gravity and shipboard bathymetry data to
determine Te along a number of fixed length profiles of
deep-sea trench-outer rise systems, while Kalnins and
Watts (2009) used satellite-derived gravity and shipboard
bathymetry data and an admittance technique to determine
the Te structure of the western Pacific region.

One problem with all these spectral methods is the
influence of the analysis window size on the recovered
Te. Windows need to be large enough to resolve the largest
Te and small enough to avoid “contamination” from more
than one type of geological feature. Watts et al. (2006) and
Bry and White (2007), for example, found a greater than
expected scatter in plots of Te vs. the age of the lithosphere
at the time of loading with no clear indication of
a controlling isotherm. Kalnins and Watts (2009), how-
ever, used a moving window technique and found that
the controlling isotherm varied regionally; this may
explain some of the scatter in plots of Te against load and
plate age.

The physical meaning of Te and its relationship to load
and plate age is much less clear in the continents than it is
in the oceans. Unlike oceanic lithosphere, continental lith-
osphere has a multilayered rheology (Burov and Diament,
1995; Meissner and Strehlau, 1982) and there may be
more than one brittle and ductile layer that supports an
individual load or unload. In this situation, Te is not
a particular depth in the lithosphere but a measure of its
integrated strength. Continental Te depends on both the
curvature of flexure (which depends in turn on the size
of the load or unload) and how well individual competent
layers are coupled together, being low for high curvature
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and poorly coupled systems and high for low curvature
and well coupled systems (Watts and Burov, 2003).

As in the oceans, continental Te has been estimated
using both forward and inverse modelling techniques.
Most forward modelling estimates are based on fitting
either the gravity anomaly or the surfaces of flexure (as
inferred, e.g., from basement depth data) at rift-type,
strike-slip, intra-cratonic, and foreland basins to model
predictions. Sometimes, both gravity anomaly and depth
to basement data are available and this yields the most reli-
able estimates (Haddad and Watts, 1999). Continental Te
estimates range from 5 to 100 km and no simple relation-
ship has yet been found between Te and load and plate age
(Watts, 2001). The data is suggestive, however, of some
age dependence. Archaen and Proterozoic cratons, for
example, are generally associated with high Te values
(>70 km) while Phanerozoic and younger mountain belts
generally have lower values (25–60 km) (Pérez-Gussinyé
andWatts, 2005). Young rifted margins (e.g., South China
Sea) appear to have lower Te values than old margins (e.g.,
Amazon) (Watts et al., 2009) and this has been interpreted
as the result of heating during continental breakup that
weakens the lithosphere, and cooling following rifting that
strengthens it (Burov and Poliakov, 2001). Plume-
influenced rifts (e.g., Afar, North Atlantic) are associated
with the lowest Te values (Ebinger et al., 1989; Watts
and Fairhead, 1997), but it is not known how much
strength a weakened rifted lithosphere is capable of
regaining.

According to the Wilson Cycle, ocean basins open and
close and compressional mountain belts develop on or
close to the site of extensional rifted margins. Isostatic
studies of the foreland basins that flank mountain belts
suggest that they may inherit the Te structure of the under-
lying rifted margin (Lin and Watts, 2002). The foreland
basin may be either narrow or wide, depending onwhether
it formed on a young or old margin. The very high
(>70 km) Te values that are associated with some foreland
basins (e.g., central Andes) may be explained by the fact
that the fold and thrust belts, the main driving load for
foreland basin subsidence, will sometimes override the
rifted margin altogether and “telescope” onto the more
rigid cratonic interior, thereby inheriting its value.

As in the oceans, inverse modelling approaches have
provided new insights into continental Te, especially its
spatial and temporal variation. The first studies (e.g.,
Dorman and Lewis, 1970; Banks et al., 1977; McNutt
and Parker, 1978) were based on a Bouguer admittance,
Fourier transform periodogram method, which yielded
a number of low values. Forsyth (1985), however, pointed
out that the low values might be a result of the low coher-
ence that existed in continental regions between gravity
and topography because of the presence of subsurface
(i.e., buried) loads that were uncorrelated with surface
topographic loads. Subsurface loads are difficult to define
and so he suggested using the Bouguer coherence, rather
than the Bouguer admittance, because it was less sensitive
to the ratio of surface to subsurface loading. Forsyth’s
method was widely applied (e.g., Zuber et al., 1989)
and as Bechtel et al. (1990) showed for North America,
it yields low as well as high values, especially in
cratonic regions. Subsequent studies have incorporated
new techniques, including maximum entropy estimators
(Lowry and Smith, 1995) and multitapers (McKenzie
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and Fairhead, 1997). McKenzie and Fairhead (1997)
recommended using the free-air admittance rather than
Bouguer coherence because the surface topography,
unlike buried loads, is a known load, the gravity effect of
which should not really be removed from the free-air grav-
ity anomaly. These workers argued that results based on
Forsyth’s Bouguer coherence technique maybe biased by
the effects of erosion and his method will yield overesti-
mates of Te rather than true values. Pérez-Gussinyé and
Watts (2005), however, used both Bouguer coherence
and free-air admittance and found the highest values in
Europe (>70 km) over the Archaen and Early Proterozoic
(<1.5 Ga) East European craton (part of Baltica) and the
lowest values (10–45 km) over the flanking Caledonian,
Variscan, and Alpine orogenic belts (Figure 6). Similar
results were found for North and South America (Kirby
and Swain, 2009; Pérez-Gussinyé et al., 2007), Australia
(Simons et al., 2000), and Africa (Pérez-Gussinyé et al.,
2009), and a consensus seems to be emerging that the con-
tinental lithosphere is capable of showing both great
weakness and great strength. Interestingly though, cratons
are not always associated with a uniformly high Te, and
there are regions within them that have low values.

In another development, wavelets have been used
instead of spectral methods. Wavelets have an advantage
over spectral methods in that they are local in space and
scale so that the relationship between gravity anomaly
and topography can, in principal, be examined over
a range of wavelengths without the need for annular aver-
aging over discrete windows. They yield similar results as
spectral methods, although the recovered Te tends to be
smoother (Audet and Mareschal, 2007; Sacek and
Ussami, 2009; Stark et al., 2003; Tassara et al., 2006).

Irrespective of the methods used, caution needs to be
applied when interpreting continental Te data. This is
because it is not clear whether the Te deduced from inverse
modelling refers to the same loading and unloading
schemes as are assumed in forward modelling. In forward
modelling, specific loads (e.g., fold and thrusts) and flex-
ures are considered, and the Te deduced usually refers to
a particular thermo-tectonic event in the geological past
(e.g., a rift or orogenic event). Inverse methods, by way
of contrast, “see” all the loads that are acting on the litho-
sphere, and these include not only past loads, but sedimen-
tary loads and erosional unloads, some of which continue
to shape the Earth’s surface up to the present day.

What is clear from all these studies is that Earth’s litho-
sphere has a rich Te structure. In the oceans, Te varies by up
to �15 km over horizontal distances of 500–1,000 km
(Watts et al., 2006). Spatial variations are even larger in
the continents. The compilations of Pérez-Gussinyé and
coworkers, for example, suggest�25 km over similar dis-
tances. In many places (e.g., western Canada and USA),
weak regions with Te as low as 10 km abut strong regions
with Te> 70 km (Fluck et al., 2003). The consequences of
such strength variations are profound, especially as they
impact on the patterns of glacial isostatic rebound
(Whitehouse et al., 2006), solid earth tides (Mantovani
et al., 2005), and the terrane structure of continental litho-
sphere (Pérez-Gussinyé et al., 2007).
Current controversies and gaps in knowledge
Isostatic studies have never been very far from contro-
versy as demonstrated by the vigorous debates on local
vs. regional models that took place at the turn of the twen-
tieth century. Central to these debates was the applicability
of isostatic models to particular geological features, and
certain “schools of thought” emerged among geologists,
geophysicists, and geodesists. There were even debates
either side of the Atlantic when an Airy model was pre-
ferred by Europeans and a Pratt model by North Ameri-
cans. Today, there is general agreement on the relative
role of local and regional models of isostasy. Debate is
focused instead on the flexure model, particularly Te, what
it means and what it tells us about the long-term strength
of the lithosphere, the timescales of isostatic adjustment,
and the geological processes that shape the top and base
of the lithosphere.
The long-term strength of the lithosphere
In the oceans, there is widespread agreement on oceanic Te
and what it indicates about the long-term strength of the
lithosphere. While there is scatter in plots of oceanic Te
vs. plate age, most of it can be explained by viscoelastic
stress relaxation (Watts and Zhong, 2000), curvature and
yielding (McNutt and Menard, 1982), and spatial varia-
tions in the controlling isotherms that determine Te
(Kalnins and Watts, 2009).

There has not, however, been the same agreement
concerning continental Te estimates and their relationship
to age. The controversy has recently come to a head in
the so-called crème brûlée vs. jelly sandwich debate
(Burov and Watts, 2006). Proponents of the crème brûlée
model followMcKenzie and Fairhead (1997) and Jackson
(2002) who believe that because Te is small and similar in
thickness to the seismogenic layer, the strength of the lith-
osphere resides mainly in the uppermost part of the crust.
In their view, the lower crust and uppermost mantle are
weak, which explains why deep earthquakes are rare. Pro-
ponents of the jelly sandwich model, however, follow
Meissner (1986) who argues that the lithosphere is “jelly
like” with a strong upper crust, a weak lower crust, and
a strong uppermost mantle. This model is compatible with
the results of seismic reflection profiling, which show
a layered lower continental crust, and with the results of
flexure studies, which show a wide range of Te values.
Low Te is indicative of thin competent layers while high
Te values reflect thick competent layers. Very high Te
values (>70 km) are also permissible and occur when
the upper and lower crust or the lower crust and mantle
are coupled. Deep earthquakes are rare, not because the
mantle is too weak but because it is too strong, and the tec-
tonic stresses required to initiate faulting are not large
enough.
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and topography as a function of wavelength. (Modified from Pérez-Gussinyé and Watts [2005].) (a) Te and its relationship to
the terrane structure. Thin white lines show major sutures. I = Iapetus. R = Rheic. A = Alpine. T = Thor. S = Sorgenfrei-Tornquist. The
tectonic provinces are Ko, Kola; Ka, Karelia; and Svf, Svecofennian. Thin dashed lines show the Caledonian (Ca), Variscan (Va), and
Alpine (Al) deformation fronts. Peri-G. = Peri-Gondwanaland. Av = Avalonia. EEC = East European Craton. Black filled circles show
the location of the coherence and RMS plots in (b). (b) Examples of the observed and predicted Bouguer coherence and RMS
between the observed (solid line) and calculated (dashed line) coherence for a 400 and 1,000 km analysis window centered on
Belgium and northern Italy. Note that northern Italy appears as a region of low Te in both windows, but the high Te region of
Belgium only has a clear RMS minima in the larger window.

ISOSTASY 655



656 ISOSTASY
The debate has led to a reexamination of the methodol-
ogies used to estimate continental Te and its physical
meaning. Pérez-Gussinyé et al. (2004) showed that it is
necessary when comparing observed and calculated free-
air admittances to first window them using the same
multitaper estimator, while Crosby (2007) showed that in
order to recover Te in cratonic shield regions large window
sizes (up to 1,500 km) are needed; otherwise, Te may be
underestimated. Watts and Burov (2003) pointed out that
while Te may well be low and similar to the seismogenic
layer thickness in some tectonic settings (e.g., Basin and
Range, western USA), the two parameters are not the
same. Te reflects the integrated strength of the lithosphere
while the seismogenic layer is the thickness of the upper-
most part of the crust that responds to stresses by faulting
and earthquakes. Finally, Handy and Brun (2004) argued
that a strong uppermost mantle is required in order to
explain the integrity of sinking slabs in subduction zones
and the deep structure of rifted margins and orogens.

The continental Te debate has proved a useful discus-
sion point in isostatic studies. It highlights the importance
of Te while at the same time illustrates gaps in our knowl-
edge about the Earth’s lithosphere, especially regarding its
long-term rheology. Other gaps are as follows.
Timescales of isostatic adjustment
Isostasy varies temporally, as well as spatially. Exactly
how slow or fast isostasy operates is of fundamental
importance to our understanding of the Earth’s vertical
motion history as well as to topics such as sea-level
change. For example, Bloom (1967) pointed out that the
height of a wave-cut notch above present day sea level
depends not only on the amplitude of sea-level change,
but how quickly isostatic equilibrium is achieved. If isos-
tasy is fast then a sea-level rise will have time to load the
crust and upper mantle and so the height of the notch will
be low due to regional subsidence. If, on the other hand,
isostasy is slow then there will be time and a notch will
be cut at a higher elevation.

Several attempts have been made to estimate the time
scales of isostatic adjustment associated with load shifts
on the top or base of the Earth’s crust. Watts (1978), for
example, compared the Te derived from oceanic flexure
studies to the thermal and seismic thickness of the litho-
sphere and concluded that on loading there must be
a rapid reduction in the thickness of the mechanical layer
that supports a load as the lithosphere relaxes from its
short-term seismic to its long-term elastic thickness. Beau-
mont (1979) used an elastic–plastic model based on the
creep laws of olivine to argue that while oceanic litho-
sphere was essentially elastic on long-time scales, conti-
nental lithosphere continued to relax on timescales of up
to several tens of million years. Willett et al. (1985) used
a viscoelastic plate that overlies an inviscid substrate to
model continental Te data and showed that on loading
there would be a weakening of the lithosphere that
reduced the thickness of the mechanical layer by as much
as a factor of 3–8, depending on the initial thermal struc-
ture of the lithosphere that was assumed. And finally,
Watts and Zhong (2000) used the actual temperature struc-
ture of the oceanic lithosphere constrained from seafloor
depth and heat-flow data to calculate a viscosity profile
and then examined how the equivalent Te would vary fol-
lowing volcano loading. They showed that because vis-
cosity increases from low values in the lower lithosphere
to high values in the upper lithosphere, the lithosphere
relaxes from the bottom-up such that the reduction in the
mechanical layer thickness that supports a load is initially
fast and then slows with load age.

Figure 7 compares the Te for a number of seamounts
and ocean islands in the world’s ocean basins to predicted
curves based on a multilayered viscoelastic model. The
model assumes an asthenosphere viscosity of 1021 Pa
s and a lithosphere viscosity that increases from 1021

to1035 Pa s, depending on thermal age. The figure shows
a rapid decrease in the thickness of the lithosphere that
supports a load and hence a decrease in its strength. This
weakening results in an increase in subsidence and
a narrowing of the zone of subsidence with increase in
load age. Eventually, the strength reduction slows and
the thickness that supports a load approaches a steady state
value.

The continents have a wider range of load and unload
ages than the oceans and there are elastic thickness esti-
mates for short-term earthquake loading (2–100 s)
through intermediate (�10 ka) glacial isostatic rebound
to long-term (>1 Ma) flexure. There are regions (e.g.,
western and eastern USA) where elastic layer thickness
has been estimated for two or more timescales. These data
suggest that the relaxation observed in oceanic lithosphere
may also characterize the continental lithosphere, albeit
over a much wider range of relaxation timescales. For
example, the Hebgen Lake (Nishimura and Thatcher,
2003), Lake Bonneville (Nakibogluand Lambeck, 1983),
and western Cordillera (Lowry et al., 2000) loads that
reflect ages of 0–120 s, 10 ka, and�60 Ma are associated
with elastic layer thicknesses of 38, 30, and 5 km, respec-
tively. There is therefore a decrease in Te with increase in
load age. The decrease is similar in form to the ocean load-
ing cases modelled by Watts and Zhong (2000), but the
viscosity of the asthenosphere that is required is less and
�3 � 1018 Pa s. This viscosity results in a rapid initial
and a slow final weakening of the lithosphere and a transi-
tion between the two regimes at load ages of �30 a.
Interestingly, the transition appears to vary regionally such
that loads on the tectonic western North America relax
quicker than those emplaced on the more stable parts of
eastern North America.
Isostasy, landscape evolution, and mantle dynamics
The behavior of the lithosphere and how it interacts with
the cryosphere, hydrosphere, and atmosphere above and
the asthenosphere below is a fundamental question that
needs to be addressed if we are to fully understand
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geological processes and construct realistic models. We
know, for example, from flexure studies that the litho-
sphere behaves as a low-pass filter in the way that it
responds to loads and unloads, suppressing the short-
wavelength deformation and passing the long-wave-
lengths. The physical properties of the lithosphere
therefore smooth out the effects of surface and subsurface
processes such as those involved in landscape evolution
and mantle convection, making it difficult to see the full
effect of these processes.

Isostasy has played a major role in the development of
the landscape, both in the constructive forces such as tec-
tonics that build it and the destructive forces such as ero-
sion that destroy it. Examples include the flexures that
follow mechanical unloading on normal faults (ten Brink
and Stern, 1992), fault scarp retreat (Gilchrist and
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lithosphere behaves as a viscoelastic plate, similar to the
model illustrated in Figure 7 and used byWatts and Zhong
to calculate the time-dependant flexure that follows sea-
mount loading. The main model features are an initial
thick-plate elastic response, a viscous time-dependant
response, and a final thin-plate, essentially elastic,
response. The figure shows that lithospheric weakening
due, for example, to load-induced stress relaxation has
the capacity to create topography that locally either
enhances or subdues the more regional deformation asso-
ciated with the initial short-term response. Karner (1984)
showed that topography is also created during lithospheric
strengthening when, for example, the oceanic lithosphere
is thermally rejuvenated (and weakened) at mid-plate
hotspot swells and subsequently cools. The topography
in this case subdued the original swell.

Incision and excavation, together with refilling, are
common features of the fluvial response to glacial and
interglacial cycles. Isostasy will therefore have a major
role to play in the deformations that result. For example,
incision due tomeltwater-charged rivers is a feature of gla-
cial periods when the sea level was low while valley-
filling and delta construction are features of interglacials
when the sea level was high. Repeated episodes of inci-
sion and valley fill will therefore resurface a landscape,
creating in the process isostatic rim uplift and subsidence,
as seems to have occurred in the region of the Mississippi
River where it debauches in to the Gulf of Mexico (Blum
et al., 2008). One consequence of this resurfacing is that
the apparent sea level may vary along-strike the rifted mar-
gin of the northern Gulf of Mexico such that the Missis-
sippi River valley in Texas subsides relative to the
adjacent Alabama coast.

The Earth’s lithosphere is deformed not only by surface
geological loads and unloads, but also by subsurface loads,
some of which originate within the crust while others have
their source in the subcrustal mantle. Like surface loads,
subsurface loads are associated with mass excesses and
deficiencies and create flexures of the Moho and other
crustal layers that are manifest in topography and gravity
anomaly data. For example, subsurface loads due to intra-
crustal thrusting, obducted crustal blocks, and ophiolite
emplacement cause flexures that contribute to both topogra-
phy and gravity anomalies (e.g., Royden andKarner, 1984).
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Irrespective, the tendency for isostatic loads and
unloads to be compensated means that their gravity anom-
aly will be reduced and may approach zero at the longest
wavelengths. This is most clearly seen in the free-air
admittance that shows that Airy, Pratt, and flexure models
have a distinct “roll-over” that approaches zero at the lon-
gest wavelengths because of isostasy (Watts, 2001). The
existence in oceanic regions of admittances in the range
5–20 mGal/km at wavelengths 1,000–4,000 km (Crosby,
2007; Watts, 2007; Wieczorek, 2007) is therefore of much
geodynamic interest. Watts (2007) has shown that the
long-wavelength admittance remains approximately con-
stant at �18 mGal/km in the central Pacific Ocean as the
analysis window size is increased from 1,000 to
4,000 km. He argued that the long-wavelength admittance
cannot be attributed to isostasy and so must reflect
dynamic processes in the subcrustal mantle.

It has been known for some time that the Earth is asso-
ciated with both long-wavelength topography and gravity
anomalies. The long-wavelength topography that
cannot be attributed to isostatic processes was dubbed
“dynamic topography” by Hager et al. (1985). It has been
shown that dynamic topography is a significant contribu-
tor to the long-wavelength gravity and geoid anomaly
field as well to the subsidence and uplift history of
sedimentary basins, especially foreland-type (Liu and
Nummedal, 2004), rift-type (Muller et al., 2000), and
some intra-cratonic basins (Coakley and Gurnis, 1995)
where slab-induced motions in the deep mantle may have
perturbed the overlying plates. However, we are still far
from fully understanding the spatial extent, magnitude,
and origin of dynamic topography. More isostatic studies
are therefore needed because they have the potential to
separate the effects of lithospheric plate flexure from
topography and gravity and geoid anomaly data and iso-
late the planform of motions in the Earth’s mantle. The
development of improved gravity anomaly and topogra-
phy field data, new spectral analysis techniques, and better
geodynamical models offer the most promise of
addressing this problem in the future.
Conclusions
Isostasy is a principle that is central to the Earth Sciences.
It was first formulated in the 1880s to describe the ten-
dency of the crust to float, in hydrostatic equilibrium, on
its denser substrate such that light areas stand at a greater
elevation than dense areas. Today, we consider isostasy
as a highly idealized state that the crust and upper mantle
approaches, but rarely achieves. Nevertheless, the com-
parison of observed gravity anomalies to the predictions
of local and regional isostatic models has led to a new
understanding about the thermal and mechanical proper-
ties of the lithosphere. We now know, for example,
that the lithosphere responds to long-term (i.e.,
>105 years) loading and unloading in a similar manner
as would a strong elastic plate that overlies a weak fluid
substrate. In the oceans, the thickness of the elastic layer
that supports a volcano load increases with the age of the
lithosphere at the time of loading. In the continents, the
relation between elastic thickness and age is not as clear.
However, there is evidence that older Archaen and Early
Proterozoic cratons have high values of the elastic thick-
ness (i.e.,>70 km) while younger Middle/late Proterozoic
and Phanerozoic orogenic belts and rifts have lower
values. Data from experimental rock mechanics suggest
that the elastic thickness derived from isostatic studies is
a proxy for the long-term strength of the lithosphere. The
elastic thickness differs from the seismogenic layer thick-
ness, which is the thickness of the uppermost part of the
lithosphere that responds to stresses by faulting and earth-
quakes and the seismic “lid” thickness, which is the
mechanical thickness that supports short-term loads and
unloads. Isostatic studies suggest that the timescales of
isostatic adjustment varies regionally such that tectoni-
cally active areas respond to loads and unloads much
quicker than cratonic areas. The behavior of the litho-
sphere on seismic to geologic timescales is important to
take into account when modelling geological processes,
especially those associated with the climate-induced gla-
cial loading and unloading cycles.
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Definition
Isostasy: (Greek: isos “equal,” stasis “standstill”) term
used in geology to refer to the condition of gravitational
equilibrium such that the rigid outer part of the earth’s
crust and uppermost mantle “float” at an elevation which
depends on its density. This concept explains how differ-
ent topographic heights can exist at the earth’s surface.
Compositional isostasy: the part of isostasy traceable to
density variations arising from compositional (rock type
and mineralogy) differences.
Thermal isostasy: the part of isostasy traceable to density
variations arising from temperature differences and ther-
mal expansion within the rock column.
Isostatic equilibrium: the condition whereby a certain area
of crust and upper mantle reaches the state of isostasy such
that a hydrostatic equilibrium exists at depth below a level
of compensation. The region is said to be in isostatic
equilibrium.

Introduction
The condition in the earth whereby variations in crustal
thickness and density determine the elevation of the
earth’s solid surface is known as isostasy and has been
appreciated for a century and a half (Pratt, 1855; Airy,
1855; Watts, 2001, for general review). Local isostasy
requires a hydrostatic equilibrium condition at a depth
below a compensation level, implying that the integral of
density over a rock column is constant. When density dif-
ferences arise from differences in rock composition (rock
type, mineralogy), the isostatic condition is referred to as
compositional isostasy. It is compositional isostasy, and
in particular the density contrast across the crust–mantle
boundary, that dominates isostasy discussions in text-
books. If, on the other hand, density differences arise from
different thermal states of the lithosphere and thermal
expansion of rock, the condition is properly called thermal
isostasy. This article is devoted to thermal isostasy, com-
putation of thermal isostasy effects, and examples of ther-
mal isostasy in oceanic regions and on the continents.

Thermal isostasy
Rock density is influenced by temperature through ther-
mal expansion. If rock composition is identical in two
vertical columns through the lithosphere, the warmer col-
umn has a lower density than the cooler lithosphere.
Applying the isostatic condition of hydrostatic equilib-
rium at some depth of compensation leads to
a prediction of elevation changes for the two regions.

Consider two regions of different lithospheric thermal
states. Temperature differences between the two regions
represented by a regional geotherm T(z) and a reference
geotherm Tref (z), respectively, multiplied by a thermal
expansion coefficient aVand integrated over depth predict
an elevation change, DeT, given by

DeT ¼ aV

Z zmax

0
½TðzÞ � Tref ðzÞ�dz: (1)

The maximum depth of integration, z , is the depth at
max
which the colder geotherm converges to a mantle adiabat
assumed to be identical for both lithospheric regions.

Most studies use a coefficient of thermal expansion of
3.0� 10�5 K�1 within the crust, consistent with the values
for major crustal forming rocks including granite and gab-
bro. Within the mantle, a value of thermal expansion of
3.2� 10�5 K�1is used.

Oceanic thermal isostasy
The clearest example of thermal isostasy occurs in oceanic
regions as hot, near-molten lithosphere at a spreading
ridge cools over tens of millions of years leading to ther-
mal contraction, increasing rock density, and subsidence
of the seafloor by about 3,000 m. It is important to note
that lateral compositional variations are small in oceanic
regions. Oceanic crust about 7 km thick is formed at
a spreading center and its thickness and composition are
modified only in minor ways over its maximum 165 My
existence. The thermal state of oceanic lithosphere, on
the other hand, varies from a near molten state at the ridge
to extremely cold lithosphere after up to 165 My of
cooling. These contrasting thermal states have conse-
quences for the rigidity of the lithosphere but in particular
for its density and therefore elevation.

Almost since the discovery of plate tectonics and sea-
floor spreading, thermal isostasy has been invoked to
explain the bathymetry of the oceans as a function of
age. Figure 1a illustrates the time evolution of an oceanic
geotherm for a cooling plate model. The initial condition
is 1,450C (Stein and Stein, 1993); other cooler values
lead to similar subsidence curves if thermal expansion
values are adjusted accordingly. The ocean lithosphere ini-
tially cools rapidly as shown by the large difference
between the 0.5 My geotherm and the 5 and 25 My
geotherms (Figure 1a). At longer times, the cooling slows
and the geotherms reach near steady state shown by the
150 My geotherm. The average temperature change in
the lithosphere between zero age at the ridge and about
150 My seafloor is 725 K.

Bathymetry is proportional to the integrated cooling of
the oceanic lithosphere (Equation 1) incorporating as well
the changing load of water as the seafloor subsides. This
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subsidence (Figure 1b) is explained very well by a simple
one-dimensional (1-D) model of lithospheric cooling.
A midocean ridge, or zero age lithosphere, has on average
a depth of 2.7 km, a consequence of both its thermal state,
crustal thickness and composition. But as the lithosphere
ages and cools, temperature changes but crustal thickness
and composition do not. Cooling over the first 9 My
causes a subsidence of 1 km to a depth of 3.7 km. At
a lithospheric age of 36 My, the solid surface has subsided
a further kilometer to a water depth of 4.7 km. As the lith-
osphere reaches its thermal equilibrium, the bathymetry
also approaches its equilibrium value of 5.5 km.
Continental thermal isostasy
On continents, thermal isostasy has been used success-
fully to examine the evolution of regions that mimic oce-
anic spreading, such as continental rifts and elements of
provinces with extensive volcanism or back-arc regions
(McKenzie, 1978; Jarvis and McKenzie, 1980; Brott
et al., 1981; Lachenbruch and Morgan, 1990; Hyndman
et al., 2005). However, direct thermal effects on continen-
tal elevation are difficult to discern because of the poten-
tial masking effect of compositional variations in
lithospheric density and thickness.

The elevation effect due to compositional variation can
be estimated by a simple isostatic calculation using conti-
nental extremes. A mountainous region with a crustal
thickness of 50 km and a density of 2,800 kg m�3 (grano-
diorite) would have an elevation 5 km higher than a rift
province with a crustal thickness of 25 km and a density
of 2,900 kg m�3 (gabbro). Both columns assume
a similar mantle density of 3,340 kg m�3. The potentially
large compositional effect can easily mask the effect of
thermal isostasy. Therefore, in order to isolate the effect
of thermal isostasy in the continents, it is necessary first
to remove compositional isostatic effects.
Normalizing compositional elevation
Compositional variations involving both crustal thickness
and density are removed with a simple isostatic correction
to the observed elevation (Han and Chapman, 1995). The
adjustment normalizes any crustal column to an arbitrary
crustal standard. In refining this method, Hasterok and
Chapman (2007a) used a standard crustal thickness h0c
of 39 km and a standard crustal density r0c of 2,850
kg m�3. These values represent the average crustal thick-
ness and density of North American provinces.
A lithospheric mantle density of 3,340 kg m�3 is used
based on the xenolith derived estimate by Griffin et al.
(1999) for Proterozoic lithosphere.

Consider a crustal column with a crustal thickness, hc,
and crustal density, rc, at an elevation of eobs (Figure 2a).
If the density and thickness of the observed crustal column
are adjusted to match the standard density and thickness,
the elevation would change by an amount Dec (Han and
Chapman, 1995) given by

DeC ¼ h0c 1� r0c
rm

� �
� hc 1� rc

rm

� �
(2)

where rm is the density of the mantle. If the province sur-
face is below sea level (e.g., continental shelf), an addi-
tional term involving the water depth (where eobs is the
bathymetry) and seawater density, rw, is required and the
elevation adjustment becomes

DeC ¼ h0c 1� r0c
rm

� �
� hc 1� rc

rm

� �
� eobsrw

rm
: (3)
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By adding the elevation adjustment to the observed

elevation one arrives at the final adjusted elevation,
eadj, given by

eadj ¼ eobs þ DeC: (4)

Three important physical parameters must be estimated

in order to make the compositional adjustment: eobs, hc,
and rc. The observed elevation is obtained from
GTOPO30 for elevations above sea level, and from
bathymetric maps for elevations below sea level. Crustal
thickness is obtained from 1-D whole crustal VP models.
Crustal density is estimated by using empirical velocity–
density (VP-r) relationships. The lateral dimension of
each province analyzed varies from�70 km in some prov-
inces in the Western US to >500 km in shield provinces.
See Hasterok and Chapman (2007a,b) for details.

The magnitudes of compositional elevation adjust-
ments made using Equations 2 and 3 are shown in
Figure 2b. The zero contour is the locus of crustal thick-
ness and density combinations for which no crustal adjust-
ment is made and therefore passes through the standard
crust of thickness 39 km and density 2,850 kg m�3. Over
the extreme range of crustal thicknesses (20–60 km) and
densities (2,700–3,000 kg m�3), compositional elevation
adjustments can be as much as 4 km. Regions that are thin-
ner and/or more dense than the standard crust receive pos-
itive elevation adjustments, whereas regions that are
thicker and/or less dense than the standard crust receive
negative elevation adjustments. Most adjustments in
Figure 2b fall in the range +/�1 km. From this nomogram
we can also determine the uncertainty in elevation adjust-
ment introduced by variations in crustal thickness
and density. For example, to achieve an uncertainty of
� 250 m requires an uncertainty in crustal thickness less
than 3 km and in density less than 43 kg m�3.

Continental thermal state
The thermal state of continental lithosphere is described
by a set of geotherms. Whereas oceanic geotherms
may be identified in terms of age, continental geotherms
do not correlate well with rock age. Instead, the most
important controlling parameter for continental geotherms
is surface heat flow (Pollack and Chapman, 1977b;
Chapman and Pollack, 1977; Blackwell, 1971;
Lachenbruch and Sass, 1977; Rao et al., 1982).

There exist a number of geotherm models of the conti-
nental crust (Blackwell, 1971; Lachenbruch and Sass,
1977; Chapman, 1986; Chapman and Furlong, 1992).
Many other models are based on locally derived estimates
of thermal conductivity and/or heat production. Although
locally and xenolith-derived models may be best in the
region for which they are developed, they may be poor
estimates when extended to other regions. Therefore, we
feel it is best to use a consistent geothermal model based
on the fewest parameters necessary to demonstrate the
usefulness of this method. We chose the method of
Chapman (1986) and Chapman and Furlong (1992) to
compute our geotherms because they yield a set of
geotherms that are well documented, commonly used,
and yield temperatures which fall between other warm
and cool models.

The properties of the geotherm model include
a lithospheric structure divided into an upper and lower
crust and mantle lithosphere. Thermal conductivity within
the crust is determined using a pressure-/temperature-
dependent relationship of Chapman (1986). Thermal
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conductivities within the upper and lower crust are ini-
tially set as 3.0 and 2.65 W m�1 K�1, respectively,
corresponding generally to felsic and mafic crystalline
rocks at STP conditions. Mantle lithospheric thermal con-
ductivities include a radiation term at temperatures above
500 K. Surface heat production is determined assuming
a 40% radiogenic contribution to surface heat flow with
a characteristic depth of 8 km (Pollack and Chapman,
1977a). This characteristic depth is also used as the decay
length of an exponentially decreasing function used to
compute heat generation within the upper crust. Heat pro-
duction of the lower crust is set as 0.4 mWm�3 consistent
with many studies of exposed granulite terranes. Mantle
heat production is assumed to be 0.02 mW m�3, a lower
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keep our thermal models as simple as possible,
interpreting the more difficult and uncertain parameters,
that is, heat production and thermal conductivity, as resid-
uals from a reference thermal isostatic model.
Revealing thermal isostasy on continents
Because the thermal state of continents is not clearly
related to the age of the lithosphere as it is in the oceans,
one cannot confirm continental thermal isostasy by simply
plotting elevation of continental regions against age of the
province. Other approaches must be explored. One such
approach examined elevation as a function of heat flow
for several tectonic provinces around the globe (Han and
Chapman, 1995; Nagihara et al., 1996). Hasterok and
Chapman (2007a; 2007b) followed the same approach in
much greater detail and made an assessment of the uncer-
tainties related to removing compositional isostatic
effects.

A thermal isostatic curve for the continents, derived
from the geotherm family in Figure 3a and Equation 1 is
shown in Figure 3b. We use a reference geotherm
corresponding to a surface heat flow of 47 mW m�2 and
assign a lithosphere having this thermal state an elevation
of 0 km. Although the zero elevation reference heat flow at
47 mW m�2 is assumed here, the actual zero elevation
could easily be set at another value. This initial assump-
tion for the zero-elevation reference heat flow is refined
further by Hasterok and Chapman (2007b). Within the
range of surface heat flow for continental tectonic prov-
inces (40–90 mW m�2), the predicted elevation range
resulting from thermal isostasy is approximately 3 km.
This prediction is similar to the oceanic bathymetry differ-
ence between hot ridges and cold abyssal plains.

Figure 3b also demonstrates how much continental
thermal isostasy is obscured by compositional effects.
There is little correlation between observed elevation of
36 North American tectonic provinces and the continental
thermal isostatic curve. Much of this scatter is the result
of variations in crustal density and thickness between the
different tectonic provinces.

Compositional elevation adjustments for the 36 tectonic
provinces of North America range from 763 � 221 m in
the Middle Rocky Mountains to 2,207� 119 m in the Gulf
of California (Hasterok and Chapman, 2007b). Nearly all of
the provinces have compositional elevation adjustments
between�1 and +1 km. The results suggest that the compo-
sitional contribution to the elevation of North America
accounts for �3 km of observed elevation variation. Pat-
terns are evident in variations of elevation adjustment as
a function of crustal thickness and density (Figure 3c). The
magnitude and range of elevation adjustments correlate with
the type of tectonic regime that characterizes each North
American province. Precambrian cratons have composi-
tional adjustments between �0.5 and +0.5 km. Cenozoic
rifts have elevation adjustments >0.5 km, and adjustments
for volcanic provinces range from just under 0–1.0 km. Col-
lisional orogens have a very large range of elevation
adjustments relative to the other tectonic environments,
ranging from 0.75 to 1.0 km.

The elevation adjustment is added to the observed ele-
vation to determine the compositionally adjusted eleva-
tion (Figure 3c). Although the data shown in Figure 3c
exhibit much scatter, two trends are clear. First, the
adjusted elevation difference between hot and cold prov-
inces is�3 km, a magnitude roughly equal to the elevation
range observed in the oceans between hot spreading cen-
ters and cold abyssal plains. Second, whereas observed
elevations do not define a clear trend with heat flow, the
adjusted province elevations are less scattered and define
a pattern that more closely resembles our predicted ther-
mal isostatic curve (black line). The considerable scatter
in Figure 3c may be caused by imperfect compositional
adjustment (seismic velocity characterization, velocity to
density transform), by regions not being in isostatic equi-
librium, or by surface heat flow not being perfectly repre-
sentative of the thermal state of the lithosphere as
described by the geotherm model used.
The North American Cordillera
The elevation of the North American Cordillera provides
an excellent case study for thermal isostasy. Conven-
tional wisdom suggests that many continental mountain
belts, the result of continent–continent collision, are ele-
vated because the collision process has thickened the
continental crust. Airy isostasy considerations predict
terrain elevations of 1,000–2,000 m as a result of thick-
ened crust. But Hyndman (2010) point out that modern
seismic data reveal that many of these collision prov-
inces, in particular the North American Cordillera, do
not have crustal roots. The Canadian Cordillera, for
example, has a crustal thickness of only 35 km in com-
parison to the Canadian Shield crustal thickness of 40
km. But the elevation of the thinner crust Cordillera is
more than 1,000 m higher than the Canadian Shield,
exactly opposite to the Airy compositional isostasy
prediction.

The solution to this apparent conundrum is found in
thermal isostasy (Hyndman, 2010). Hyndman et al.
(2005) and Currie and Hyndman (2006) have shown that
high upper mantle temperatures characterize most subduc-
tion back-arc regions (see also Lewis et al., 1992; Lewis
et al., 2003). And that many mountain belts also occur in
current or recent back-arc locations. The temperature-
depth field for the Cordillera, therefore, is much hotter
than for a cratonic region (Figure 4a). The Cordillera
geotherm approaches a mantle adiabat at a depth of
about 60 km, defining the lithospheric thickness for the
Cordillera, while the Craton geotherm does not approach
the mantle adiabat until a depth of more than 200 km. If
Equation 1 is applied to these two regions, the estimated
difference in elevation, once compositional effects have
been removed should be about 1,600 m. Figure 4b (from
Hyndman, 2010) shows exactly that effect. Elevations
for both back-arc mountain belts and cold stable areas
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Isostasy, Thermal, Figure 4 Thermal isostasy case study for
North America Cordillera (after Hyndman, 2010).
(a) Temperature-depth plot for the northern Cordillera in
comparison to the adjacent craton. Shaded regions in the
mantle are general results from tomography; solid dots are
temperature-depth loci from xenolith studies (see Hyndman,
2010 for details). (b) Elevation adjusted for composition (density)
versus crustal thickness (Table 3 of Hasterok and Chapman,
2007b) for the hot Cordillera and cold stable areas of North
America. The �1.6 km elevation difference can be explained by
thermal isostasy using Equation 1.
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corrected for compositional density effects are plotted
against local crustal thickness. Each group of data exhibit
the expected trend of increasing elevation with increasing
crustal thickness, but the Cordillera elevations are consis-
tently 1,600 m higher than stable area elevations for the
same crustal thickness.
Summary
Thermal isostasy, that part of isostasy traceable to density
differences being caused by temperature differences and
thermal expansion of rock, is an important but underap-
preciated condition in crustal geophysics. The condition/
process of thermal isostasy received much attention in
oceanic regions with the discovery of plate tectonics and
seafloor spreading. It was quickly recognized that system-
atic cooling of the lithosphere formed at a spreading ridge
could explain the 3,000 m of seafloor subsidence away
from a ridge. On continents, thermal isostasy effects are
obscured by compositional isostasy, principally crustal
thickness, which produces over 3,000 m of elevation
effects. Recent analyses, however, have developed
methods to adjust elevations for compositional effects.
When those adjustments are made, there is a clear trend
of increasing elevation of a continental province with sur-
face heat flow – a confirmation of thermal isostasy. The
magnitude of elevation differences between hot and cold
continental regions is also about 3,000 m, comparable to
thermal isostasy effects in marine areas. An excellent
example of thermal isostasy effects is drawn from the
North American Cordillera where Airy isostasy is unable
to explain the elevation of the Cordillera terrains relative
to stable shield areas. Instead, the hot upper mantle associ-
ated with current or recent back-arc activity, conveniently
explains the 1,600 m of elevation difference that is
observed.
Bibliography
Airy, G., 1855. On the computation of the effect of the attraction of

mountain-masses, as disturbing the apparent astronomical lati-
tude of stations in geodetic surveys. Philosophical Transactions
of the Royal Society of London, 145, 101–103.

Blackwell, D., 1971. The thermal structure of the continental crust.
In Heacock, J. (ed.), The Structure and Physical Properties of the
Earth’s Crust. Geophysical Monograph Series. Washington:
AGU, Vol. 14, pp. 169–184.

Brott, C., Blackwell, D., and Ziagos, J., 1981. Thermal and tectonic
implications of heat flow of the western Snake River Plain,
Idaho. Journal of Geophysical Research, 86, 11709–11734.

Chapman, D., 1986. Thermal gradients in the continental crust. In
Dawson, J., Carswell, D., Hall, J., and Wedepohl, K. (eds.),
The Nature of the Lower Continental Crust. Geological Society
Special Publication 24, pp. 63–70.

Chapman, D., and Furlong, K., 1992. Thermal state of the continen-
tal lower crust. In Fountain, D., Arculus, R., and Kay, R. (eds.),
Continental Lower Crust. Geotectonics. New York: Elsevier,
Vol. 23, pp. 179–199.

Chapman, D., and Pollack, H., 1977. Regional geotherms and
lithospheric thickness. Geology, 5, 265–268.

Currie, R., and Hyndman, R., 2006. The thermal structure of sub-
duction backarcs. Journal of Geophysical Research, 111,
B08404, doi:10.1029/2005JB004024.

Griffin,W., O’Reilly, S., andRyan, C., 1999. The composition and ori-
gin of sub-continental lithospheric mantle. In Fei, Y., Bertka, C.,
and Mysen, B. (eds.), Mantle Petrology: Field Observations
and High Pressure Experimentation: A Tribute to Francis R.
(Joe) Boyd, Special Publication of the Geochemical Society, 6,
pp. 13–45.



668 ISOSTASY, THERMAL
Han, U., and Chapman, D., 1995. Thermal isostasy: Elevation
changes of geologic provinces. Journal of the Geological
Society of Korea, 31, 106–115.

Hasterok, D., and Chapman, D., 2007a. Continental thermal isos-
tasy: 1. Methods and sensitivity. Journal of Geophysical
Research, 112, B06414, doi:10.1029/2006JB004663.

Hasterok, D., and Chapman, D., 2007b. Continental thermal isos-
tasy: 2. Application to North America. Journal of Geophysical
Research, 112, B06415, doi:10.1029/2006JB004664.

Hyndman, R., Currie, C., and Mazzotti, S., 2005. Subduction zone
backarcs, mobile belts, and orogenic heat. Geological Society
of America Today, 15, 4–10.

Hyndman, R., 2010. The consequences of Canadian Cordillera ther-
mal regime in recent tectonics and elevation: a review.Canadian
Journal of Earth Sciences, 47, 621–632.

Jarvis, G., and McKenzie, D., 1980. Sedimentary basin formation
with finite extension rates. Earth and Planetary Science Letters,
48, 42–52.

Lachenbruch, A., and Morgan, P., 1990. Continental extension,
magmatism, and elevation; formal relations and rules of thumb.
Tectonophysics, 174, 39–62.

Lachenbruch, A., and Sass, J., 1977. Heat flow in the United States
and the thermal regime of the crust. In Heacock, J. (ed.), The
Earth’s Crust: Its Nature and Physical Properties, Geophysical
Monograph Series. Washington: AUG, Vol. 20, pp. 625–675.

Lewis, T., Bentkowski, W., and Hyndman, R., 1992. Crustal tem-
peratures near the Lithoprobe Southern Cordillera Canada tran-
sect. Canadian Journal of Earth Science, 29, 1197–1214.

Lewis, T., Hyndman, R., and Flueck, P., 2003. Heat flow, heat gen-
eration, and crustal temperatures in the northern Canadian Cor-
dillera: thermal control of tectonics. Journal of Geophysical
Research, 108, 2316–2334, doi:10.1029/2002JB002090.
McKenzie, D., 1978. Some remarks on the development of sedi-
mentary basins. Earth and Planetary Science Letters, 40, 25–32.

Nagihara, S., Lister, C., and Sclater, J., 1996. Reheating of old
oceanic lithosphere: deductions from observations. Earth and
Planetary Science Letters, 139, 91–104.

Pollack, H., and Chapman, D., 1977a. Mantle heat flow. Earth and
Planetary Science Letters, 34, 174–184.

Pollack, H., and Chapman, D., 1977b. On the regional variation of
heat flow, geotherms, and lithospheric thickness.
Tectonophysics, 38, 279–296.

Pratt, J., 1855. On the attraction of the Himalaya mountains, and the
elevated regions beyond them, upon the plumb-line in India.
Philosophical Transactions of the Royal Society of London,
145, 53–100.

Rao, R., Rao, G., and Reddy, G., 1982. Age dependence of
continental heat flow – fantasy and facts. Earth and Planetary
Science Letters, 59, 288–302.

Stein, C., and Stein, S., 1993. Constraints on Pacific midplate swells
from global depth–age and heat flow– age models. In Pringle,
M. (ed.), The Mesozoic Pacific: Geology, Tectonics, and Volca-
nism, Geophysical Monograph Series. Washington: AGU, Vol.
77, pp. 53–76.

Watts, A., 2001. Isostasy and the Flexure of the Lithosphere.
Cambridge: Cambridge University Press.

Cross-references
Heat Flow, Continental
Lithosphere, Continental: Thermal Structure
Lithosphere, Oceanic: Thermal Structure



L

LEGAL CONTINENTAL SHELF

Ray Wood1, Stuart A. Henrys1, Vaughan Stagpoole1,
Bryan Davy1, Ian Wright2
1GNS Science, Lower Hutt, New Zealand
2National Oceanography Centre, Southampton, UK

Synonyms
Continental shelf; Extended continental margin; Extended
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Definition
The legal continental shelf comprises the submerged pro-
longation of the land mass of a coastal State beyond 200
nautical miles from the territorial sea baselines, and con-
sists of the seabed and subsoil of the shelf, the slope, and
the rise. Formulae to determine the outer limits of the legal
continental shelf are in article 76 of the United Nations
Convention on the Law of the Sea. These formulae are
based on seafloor morphology and sediment thickness.
The outer limits of the legal continental shelf cannot
exceed 350 nautical miles from the territorial sea baselines
or 100 nautical miles beyond the 2,500 m isobath.

Introduction
The United Nations Convention on the Law of the Sea
(UNCLOS) was adopted in 1982 after 9 years of discus-
sion, bargaining, and compromise (Division for Ocean
Affairs and the Law of the Sea DOALOS, 2007). Signifi-
cant features of UNCLOS relevant to the management of
natural resources include establishment of the 200 nautical
mile (M) Exclusive Economic Zone (EEZ) and of the legal
continental shelf.

Within the 200 M EEZ a State has rights to resources
in the water column, such as deep-sea fisheries, and
resources on and beneath the seafloor, such as oil, gas,
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
and other minerals. Within the legal continental shelf,
a State has rights to resources on and beneath the seafloor,
but not to resources in the water column.

Areas of legal continental shelf in submissions to the
United Nations cover large parts of the oceans and include
seafloor with a wide variety of morphologic and geologic
characteristics. The attribute these areas have in common
is an interpreted link to the land mass of a coastal State.
Techniques to establish the outer limits of the legal conti-
nental shelf are described in article 76 of UNCLOS and
Annex II of the Final Act of the Third United Nations
Conference on the Law of the Sea (the Statement of
Understanding).

Establishing the outer limits of the legal
continental shelf
Delimitation of the 200 M EEZ is a geodetic calculation
using basepoints and/or baselines established along the
coastline of the State, subject to negotiations with other
States where EEZs overlap. Article 76 of UNCLOS states
that the continental shelf comprises the submarine prolon-
gation of the State’s land mass and consists of the shelf,
slope, and rise but it does not include the deep ocean floor
(Figure 1). The article sets out a process whereby States
can define the outer limits of a legal continental shelf
beyond 200 M. The Statement of Understanding extends
the principles of article 76 to coastal States in the southern
part of the Bay of Bengal that have an extraordinarily
extensive rise.

Application of the concept of prolongation to the com-
plex seafloor and geological relationships of continental
margins can be challenging. Establishing whether prolon-
gation occurs and the nature of that prolongation are of
primary importance because they determine (a) whether
a legal continental shelf exists and (b) how far it extends
beyond 200 M. Article 76 refers to a variety of submarine
features, including plateaux, rises, caps, banks, spurs,
90-481-8702-7,
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submarine ridges, and oceanic ridges. Submarine ridges,
for example, are subject to the 350M constraint (Symonds
and Brekke, 2004), whereas other features are subject to
the 2,500 m + 100 M constraint. On margins with expan-
sive, relatively shallow slopes the 2,500 m + 100 M con-
straint could lie far seaward of the 350 M line.

Prolongation of land mass
There are three aspects of prolongation of a land mass:

� Morphologic – the seafloor shape is a continuation of
the land mass morphology

� Geologic – the rocks beneath the seafloor are the same
as, or related to, those of the land mass

� Tectonic – the rocks beneath the seafloor share their
history with those of the land mass

The morphological transition from land mass to deep
ocean floor is the result of the composition and density
of the rocks beneath the seafloor, the geologic processes
that form and shape them, and the tectonic forces that act
on them. This transition is relatively simple on many
margins, with a shelf dipping gently to a depth of several
hundred meters, a steeper slope deepening to a depth of
several thousand meters, and on some margins a gently
dipping rise lying between the slope and the almost flat
deep ocean floor (Figure 2a). Other margins have
a complex morphology with ridges, seamounts, and can-
yons and the transition with the deep ocean floor can be
harder to recognize (Figure 2b).

Prolongation of a land mass cannot be established
solely on the basis of rock type. Land masses are usually
the result of igneous, metamorphic, sedimentary, and tec-
tonic processes that form geologically complex crust that
is generally distinctly different from the crust of the deep
ocean floor. The deep ocean floor is the result of sea floor
spreading and is characterized by basaltic rocks. Rocks
such as granite, marble, and sandstone only form as part
of continent building processes and can be used to infer
that an area is continental in origin, but land masses are
not always composed of continental-type rocks. Iceland
and other volcanic islands are examples of land masses
that are composed of basaltic rocks, and oceanic rocks
can be thrust onto or accreted to a land mass or continent
by tectonic movements.

Lines of volcanoes are common above active and fossil
subduction zones, particularly around the Pacific. Volca-
nic arcs often extend into large continental blocks and
the rocks associated with them form the core of many
continents. The Three Kings Ridge, Colville Ridge, and
Kermadec Ridge are three volcanic arcs that extend
thousands of kilometers north of the North Island of
New Zealand (Figure 3). These ridges are part of the
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morphological, geological, and tectonic prolongations of
the land mass of New Zealand (e.g., Mortimer et al.,
2007).

Tectonic prolongation implies that the rocks beneath
the seafloor have a shared history with the rocks of the
land mass. Shared history refers to the processes of conti-
nent building: sediment deposition, igneous activity, and
suturing or accretion of rocks along plate margins. Disrup-
tion of this history results from fragmentation of the land
mass by the tectonic processes of rifting and seafloor
spreading. Continents and land masses are part of the
plate tectonic conveyor system, and their extent and
composition changes with time as the result of interactions
along the plate margins.

The geologic, morphologic, and tectonic boundaries
are seldom, if ever, abrupt, and implicit in the determina-
tion of prolongation is an assessment of the degree of the
continuity or uniformity of the geology, morphology,
and tectonic history.

The Hikurangi Plateau is an example of a basaltic tec-
tonic block that is a part of the prolongation of the New
Zealand land mass (Figure 3). The plateau was accreted
to the New Zealand continent when it collided with a
subduction zone along the Gondwana margin more than
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100 million years ago (Davy, 1993). The plateau stands
more than 1,000 m above the deep ocean floor and is mor-
phologically, geologically, and tectonically connected to
the New Zealand land mass.
Application of UNCLOS article 76
The process for defining the outer limits of a legal conti-
nental shelf beyond 200 M has four steps (Figure 4);
(1) the area of prolongation of the land mass is determined
using two formulae, (2) constraint lines are determined
using two methods, (3) the appropriate constraints are
applied to the area of prolongation, and (4) the resulting
line composed of formulae and/or constraint lines is
smoothed with 60 M bridging lines.

Both formulae use the location of the foot of the conti-
nental slope as a reference point. The Commission on the
Limits of the Continental Shelf (CLSC) (1999) declares
a preference for identifying the foot of the continental
slope as the point of maximum change in seafloor gradient
as the general rule, and use of “evidence to the contrary” as
exceptions to the rule. The guidelines state that these
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paragraph 7 of article 76.
exceptions can be applied when the foot of the continental
slope is not located reliably by the point of maximum
change in sea floor gradient, and that they provide an
opportunity for States to use geological and geophysical
evidence to locate the foot of the continental slope.
Locating the foot of the continental slope
There are two steps to find the foot of the continental
slope:

1. Identify the region of the base of the continental slope.
2. Determine the location of the foot of the continental

slope within that region.

Identification of the region of the base of the continental
slope may be on the basis of morphological evidence
and/or geological and geophysical evidence.

In areas where the morphology of the continental mar-
gin can be clearly subdivided into shelf, slope, rise, and
deep ocean floor (Figure 1), the region of the base of the
continental slope is where the lower continental slope
meets the rise, or where it meets the deep ocean floor in
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cases where a rise is absent. Regional gradients can be
used to narrow the search for the region of the base of
the continental slope. Regional gradients less than 1� are
generally considered representative of the rise and deep
ocean floor, and regional gradients greater than 2� are gen-
erally considered representative of the slope. There are
many exceptions to these values, however, and other evi-
dence, such as the erosion effects of deep-sea currents,
underwater slides, margin collapse, local volcanic activity,
and deep-sea canyons must be considered before finally
establishing the region of the base of the continental slope.
The width of the region of the base of the continental slope
is typically 4–10 km, but can vary according to the com-
plexity of the margin.

The point of maximum change in gradient is deter-
mined by computing the second derivative of the bathym-
etry within this region. The foot of the continental slope is
the point with the maximum value of the second derivative
of the bathymetry.
Slope

East Lau terrace Western lau
terrace

Lau
terrace

Lau
terrace
basin

Colville ridgeEast

Legal Continental Shelf, Figure 5 Seismic sections and a location m
Basement fault blocks are shown by red dashed lines.
Situations in which the maximum change in seafloor
gradient rule might not reliably locate the foot of the con-
tinental slope include continental margins that have a very
smooth transition from slope to rise and no single point
represents a significant maximum change in gradient,
and continental margins with irregular seafloor morphol-
ogy and a point of maximum change in gradient that is
not consistent with other data that indicate the location
of the foot of the continental slope.

The region of the Western Lau Terrace, north of New
Zealand (Figure 5) provides an example of the use of geo-
logical and geophysical evidence to identify the region of
the base of the continental slope. This part of the New
Zealand continental margin is characterized by terraces
and sediment-filled basins formed by tilted basement
blocks that step down to the deep ocean floor of the South
Fiji Basin. The continent ocean transition lies at the
western edge of the Western Lau Terrace and the foot
of the continental slope is identified as the point with
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the maximum change in seafloor gradient within the
transition zone.

Once the foot of the continental shelf points are
established, then the outer limits of the continental margin
are constructed either 60 M from these points, or at fixed
points where the sediment thickness is at least 1% of the
distance to these points, whichever is greater (Figure 4b).

Establishing constraint lines
The constraint line is constructed from the line 350M from
the basepoints from which the breadth of the territorial sea
is measured and the line 100 M from the 2,500 m water
depth contour, whichever is greater. Construction of the
constraint line requires consideration of whether the fea-
tures are submarine ridges or are natural components
of the continental margin. The continental shelf cannot
extend beyond the constraint line, so the intersection of
the constraint line with the area inside the formula lines
defines fixed points along the outer edge of the continental
shelf (Figure 4c).

Straight bridging lines
The final step in the construction of the outer limits of the
continental shelf is to join the fixed points with straight
bridging lines no more than 60 M long (Figure 4d). The
outer limits of the continental shelf therefore can be
comprised of points that lie on arcs 60 M from foot of
the slope positions, points where the sediment thickness
is at least 1% of the distance to foot of the slope positions,
points 350 M from the territorial sea basepoints, points
100 M from the 2,500 m isobath, and points on bridging
lines between fixed points.
Summary
Ratification of UNCLOS by coastal States has led to
a renewed interest in the morphology and geology of con-
tinental margins. These States have applied the terms of
article 76 and the Statement of Understanding to their
continental margins and identified large areas of legal
continental shelf (Figure 6). At the time of writing most
of these areas are awaiting recommendations by the
United Nations Commission on the Limits of the Conti-
nental Shelf.
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Definition and introduction
The continental lithosphere consists of the continental
crust and, typically, some nonconvecting part of the under-
lying upper mantle (Figure 1). In plate tectonics terms, the
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continental lithosphere is part of the rigid outer rind of the
Earth, which is segmented into several major plates. The
cold lithosphere lies atop a hotter, more mobile (low
strength) asthenosphere. In this context, oceanic litho-
sphere for the most part obeys comparatively simple ther-
mal models, with the boundary between lithosphere and
asthenosphere represented by an isotherm marking the
transition in mantle peridotite between elastic and ductile
behavior (but see Lithosphere, Oceanic for the growing
list of complications). By contrast, the continental litho-
sphere is heterogeneous and its structure highly variable.
That contrast reflects the fact that oceanic lithosphere
is formed in much the same way worldwide and that it
is continually recycled into the interior of the Earth via
the plate tectonic “conveyer belt.” Continental litho-
sphere, on the other hand, is generally too buoyant to be
subducted, although an increasing number of instances
have been reported in which parts of continental litho-
spheric mantle show evidence of gravitational instability,
forming “drips” where lithosphere delaminates and sinks
into the deeper mantle (Zandt et al., 2004). The detach-
ment of continental mantle from the crust in such cir-
cumstances may be an important factor in intraplate
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deformation and volcanism (Carlson et al., 2005). Thus,
while no known oceanic lithosphere is older than about
200 my, the continental lithosphere has evolved over bil-
lions of years, one consequence of which is that it is seen
today as the resulting collage of many superimposed tec-
tonic events, including rifting, subduction, continental
collision, accretion, and hot spot magmatism, that recur
repeatedly over geologic time.

The study of continental lithosphere has been revolu-
tionized over the past two decades with the advent of por-
table broadband seismology. Passive array experiments
(see Seismological Networks) have made it possible to
obtain high-resolution images of deep lithospheric struc-
tures beneath every continent (James, 2007). The greatest
concentration of high-density broadband deployments has
been in western North America, Europe, and Asia, with
large-scale experiments also in Africa, Central and South
America, and Australia. Within the USA, the Transport-
able Array of the national EarthScope project has already
resulted (at the time of this writing) in uniformly high-
resolution seismic imaging of the mantle beneath the west-
ern half of the nation. The lithosphere so revealed consists
of a collage of overlapping structures produced by ongo-
ing subduction, trench migration, ridge override, regional
extension, mantle upwellings and volcanism, and litho-
spheric delamination. In some tectonically active regions,
a thin crust is the only lithosphere remaining intact
(Carlson et al., 2005). This complex and disrupted litho-
sphere is in marked contrast to that of stable cratonic
regions, including the continental nuclei of north-central
North America, western Australia, and southern Africa.
The cratons of southern Africa are perhaps the best studied
of the Archean cratons of the world, where results from
large-scale passive array experiments show that litho-
spheric roots as deep as 250 km or more underlie the
undisturbed parts of the cratons (James and Fouch, 2002;
Ritsema and van Heijst, 2000).

Despite remarkable progress in imaging the continental
lithosphere over the past 2 decades, a precise definition
of continental lithosphere remains elusive. No single def-
inition of continental lithosphere can be made to fit all cir-
cumstances. Particularly controversial is the definition of
what constitutes the base of the lithosphere. Many defini-
tions of continental lithosphere appear in the literature –
seismological, mechanical, rheological, thermal, and
compositional. Depending on one’s view, the continental
lithosphere may be a mechanical boundary layer, a ther-
mal boundary layer, or a chemical boundary layer. In the
remainder of this entry, we shall explore these various
concepts in some detail. Our goal here is to describe the
continental lithosphere in terms of global Earth structure,
plate tectonics, and the long-term evolution of the
continents. By this view, the continental lithosphere is
envisaged to be a long-lived plate tectonic unit, consisting
both of continental crust and, typically, a very significant
mantle “keel” that is attached to and translates with the
continent. In this sense, it is seen as a stable component
of the continent and does not participate in the convective
processes of the deeper dynamic mantle.

Mechanical models
A simple expression of the lithosphere is elastic thickness.
While rarely used to describe continental lithospheric in
a geologic or structural sense, elastic thickness is
a useful concept in that it models the mechanical response
of the lithosphere as an elastic plate overlying a weak
(asthenospheric) substrate. As discussed in detail else-
where in this volume (see Lithosphere, Mechanical Prop-
erties), the elastic thickness of the lithosphere may be
determined through topographic response to surface loads
(such as volcanoes), the relationship between topography
and Bouguer gravity anomalies, or the shape of deposi-
tional surfaces in basins. The thickness of elastic litho-
sphere so determined is rarely as much as 100 km and in
areas of extension or hotspot activity may be less even
than crustal thickness. The elastic thickness of the conti-
nents is chiefly controlled by the thermal state of the lith-
osphere (see Lithosphere, Mechanical Properties). As
Forsyth (Forsyth, 1989) points out, however, the apparent
elastic thickness is also affected by the state of stress and
the rheological stratification in the crust and mantle, so
mechanical thickness may not bear a simple relationship
to a particular isotherm.

One important aspect of the mechanical structure of the
continental lithosphere as it relates to lithospheric evolu-
tion is the large decrease in strength of crustal rocks in
the deep crust. The steep geothermal gradient in the crust
produces increasing ductility of crustal rocks with depth.
The brittle zone in tectonic areas typically extends only
to about 15 km, below which the rocks deform plastically.
The topmost part of the underlying mantle, however, is
relatively much stronger as temperatures there are still
far from the melting point of mantle rocks. Thus, it is
widely posited that there is a zone of weak lower crust
sandwiched between strong upper crust and strong upper
mantle, creating a possible zone of crust–mantle
decoupling (see Lithosphere, Mechanical Properties).

While the flexural lithosphere is a useful mechanical
concept, it fails as a plate tectonic description of litho-
sphere. In many tectonic regions, the flexural lithosphere
is not even as thick as the continental crust. As low-density
sialic crust is not easily subducted into the mantle, it must
persist as the primary long-lived component of continental
lithosphere. From the perspective of plate tectonics, it may
be argued that the full definition of the lithosphere should
account both for the long-term structural coherence of
continental plates and the impact of asthenospheric pro-
cesses that affect either the formation or the removal of
lithospheric mantle beneath the crust.

Thermal models
A convenient definition for thermal lithosphere, or the
thermal boundary layer, is the outer layer of the Earth in
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which heat transfer is dominated by conduction (see Heat
Flow, Continental; Lithosphere, Continental: Thermal
Structure). Thus, the stronger lithosphere acts as a barrier
to thermally induced buoyancy forces that drive convective
heat transfer in the underlying asthenosphere (Morgan,
1984). In the case of the oceanic lithosphere, this
conductively cooled layer of the Earth is thought to have
finite thickness (i.e., the lithosphere ceases to undergo ther-
mal contraction as it ages beyond about 80 Ma, implying
that heat is supplied to the lithosphere from the
underlying asthenosphere) (see Lithosphere, Oceanic;
Lithosphere, Oceanic: Thermal Structure). For the conti-
nents, the situation is far more complex. The continental
lithosphere does not undergo simple monotonic cooling,
but may be subjected to repeated episodes of thermal or tec-
tonic disturbances. Thus, superimposed upon the geologi-
cal age of the lithosphere is the thermal or tectonic age of
the lithosphere, factors that have led to significant composi-
tional heterogeneity in both crust and lithospheric mantle.

We consider first the thickness of the thermal boundary
layer beneath the stable cratonic cores of the continents.
Here, the lithosphere is both at its thickest and its
strongest. If the effective viscosity of the asthenosphere
beneath the cratonic lithosphere is taken to be about
1021 Pa s, based upon glacial unloading and gravity/topog-
raphy correlations (seeMantle Viscosity), it implies a tem-
perature of transition from conductive to convective heat
transfer of about 1300–1400�C for typical mantle compo-
sitions (Morgan, 1984). If crustal heat production is taken
into account, the thickness of the thermal lithosphere of
the stable continental cratons as calculated from surface
heat flow may range from about 90 to 220 km (Rudnick
et al., 1998).

The lithospheric thickness obtained by thermal model-
ing depends upon other factors, the most important of
which is the composition, including volatile content, of
the subcrustal mantle. If the continental lithospheric man-
tle consists of low-density peridotite depleted of its low-
melting basaltic fraction and devolatilized over time due
to metamorphic and magmatic events (see discussion
below), the continental mantle will be less dense and sub-
stantially more refractory than the rest of the mantle. The
chemical boundary layer represented by this depleted sub-
continental mantle peridotite may stabilize the continental
mantle root against thermal disruption to depths below the
thermal boundary layer (Jordan, 1978, 1981).

Tectono-thermal events, such as those that are wide-
spread across the western USA, will have the effect of
thinning the existing lithosphere. Regions where prior
thermal disturbances have occurred, therefore, may be
more prone to reactivation, whereas stable cratons, partic-
ularly those buffered by bordering Proterozoic mobile
belts as in southern Africa, should be comparatively less
vulnerable to thermal perturbations from the underlying
asthenosphere (Pollack, 1986). Tectonic reactivation
seems to be particularly true of continental rifting, where
repeated episodes apparently recur along the same
long-lived zones of weakness. The greatly expanded
scope of tomographic studies in recent years has revealed
a number of localities in which various forms of litho-
spheric delaminations, or “drips” appear to be occurring,
including a number in the western USA (e.g., [West
et al., 2009; Zandt et al., 2004]). Such processes suggest
that lithospheric mantle beneath tectonically active areas
of the continent may be thinned or removed and later
regenerated. Indeed, a wide range of epeirogenic (vertical)
movements within continental interiors have been
interpreted to be due to thermal disturbances that produce
lithosphere heating and thinning, followed by conductive
relaxation and asymptotic thickening of the lithospheric
thermal boundary layer.

Seismological/compositional models –
tectosphere
It is well known that average seismic velocities, especially
shear velocity, are much higher under cratons than under
oceanic or tectonically active areas. This was first shown
by surfacewave dispersionmeasurements and later bymea-
surements of vertically travelling ScS phases. Sipkin and
Jordan (Sipkin and Jordan, 1980) showed that ScS one-
way travel-time anomalies associatedwith the uppermantle
beneath stable continental interiors could be as large as 3.5 s
(fast) relative to the upper mantle beneath the western
Pacific. Moreover, the high-velocity continental paths are
also associated with high Qs, suggesting that the anomalies
are due to thermal and/or compositional variations in the
upper mantle (Jordan, 1981). Since the early studies of
Sipkin and Jordan, numerous other studies based on three-
dimensional inversion of travel-time anomalies for velocity
structure have been carried out regionally across the globe
(see summaries in [Carlson et al., 2005; James, 2007]).
The results nearly all show that regional velocity contrasts,
even between provinces entirely within the continents,
extend to at least 200–250 km (James, 2007).

The notion of a long-lived thermochemical boundary
layer in the upper mantle beneath vast regions of Precam-
brian crust raised many difficult questions as to how they
formed and how they survived over geologic time and to
a significant extent these questions remain only partially
answered. There is general agreement, however, that the
longevity and stability of ancient cratonic roots must be
due, at least in part, to a combination of factors, primarily
compositional buoyancy and strength and secondarily
buffering of cratons by marginal Proterozoic mobile belts.
The concept of a stabilizing chemical boundary layer is
at the heart of the temperature-depletion compensation
hypothesis laid out by Jordan in an important series of
papers on the continental tectosphere (see [Jordan, 1981]
for references) and discussed in some detail below. The
term tectosphere was introduced by Jordan in an attempt
to circumvent some of the difficulties associated with the
conflicting definitions of lithosphere alluded to above.
It is a particularly convenient concept for understanding
those seismological and petrological/geochemical aspects
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of deep continental structure that appear to indicate conti-
nent-ocean heterogeneity to depths of at least 200 km, and
perhaps considerably more.

There is a large body of knowledge about the composi-
tion of deep cratonic mantle from the study of xenoliths
that have been carried to the surface in explosive
volcanic pipes. The development of accurate mineralogi-
cal geothermometers and geobarometers, which allow
the equilibrium depth and temperature of xenolith source
regions to be determined, made it possible to “map” xeno-
lith compositions as functions of position in the mantle.
A comprehensive summary of results from the geochemi-
cal study of mantle xenoliths can be found in (Carlson
et al., 2005). Most of the ultramafic nodules associated
with older cratonic areas are highly depleted in their
basaltic melt fraction to a depth of at least 200 km and
are approximately the same age as the overlying crust
(Carlson et al., 2005; James et al., 2004). Depleted mantle
xenoliths, which are by far the most common, are charac-
terized by significantly lower density and higher seismic
velocities than the more typical fertile suboceanic mantle
(Boyd and McCallister, 1976). This fact led Jordan
Lithosphere, Continental, Figure 2 Schematic diagram (adapted f
showing the principal components of the isopycnic (“equal density
least 250 km beneath the ancient cratons and migrates with the cr
oceans (B), the mantle is hot, weak, andmobile. The depleted mantl
constituents (e.g., Fe) and is therefore intrinsically less dense thanm
At the same time, the sub-cratonic mantle is colder than the suboc
“temperature-depletion compensation” model). The chemical buoy
helps stabilize it against convective disruption over geologic time.
(Jordan, 1981) to postulate a thick chemical boundary
layer for the continental tectosphere.

The effect of removing a basaltic partial melt from
a fertile mantle peridotite (such as the hypothetical
pyrolite of suboceanic mantle) is to reduce the density of
the residue and to increase seismic velocities. Jordan com-
pared densities of depleted peridotite nodules with densi-
ties of a hypothetical pyrolite composition and shows
that average depleted peridotite of subcontinental mantle
has a normative density about 1.3% less than that of
pyrolite. This reduction in density will approximately
compensate for the density contrast in a homogeneous
mantle that would result from the temperature contrast
of about �400� between a typical shield geotherm and
the average oceanic adiabat. The model then, is based on
the supposition that the lower density of the subcontinen-
tal mantle due to basalt depletion is gravitationally bal-
anced by the density decrease in the oceanic mantle
caused by a much higher geotherm, hence the expression
temperature-depletion compensation (Figure 2). The
thickness of the chemical boundary layer is generally
taken to be about 150–200 km.
rom Jordan, e.g., [Jordan 1988] with reference to previous work)
”) hypothesis. The cold, strong lithosphere (A) extends to at
aton during plate motions. At comparable depths beneath the
e peridotite that makes in the cratonic keel is depleted in heavier
ore fertile oceanic mantle at the same temperature and pressure.
eanic mantle so the densities are approximately equal (the
ancy of the cratonic root, along with its anhydrous strength,
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The tectosphere model remains controversial. The
mechanisms by which a chemical boundary layer can be
built up to form a deep mantle keel beneath ancient conti-
nental crust are poorly understood, although there are
many modes by which magma can be extracted from con-
tinental mantle over time (Carlson et al., 2005). The most
difficult aspect of deep mantle roots to model, however,
has been their remarkable dynamical stability over billions
of years of a chemical boundary layer whose thickness
varies laterally by 150 km or more (Shapiro et al., 1999).
Convective instability should act to disperse and thin the
zone of depleted mantle, and the fact that this does not
occur appears to be due largely to the anhydrous, highly
viscous, nature of the depleted mantle keel.

One aspect of lithospheric formation that may be
important in some cases involves underplating of conti-
nental lithosphere by oceanic lithosphere. There is evi-
dence, for example, that among the eclogites brought
up in kimberlite pipes in Africa some may be relicts of
basaltic oceanic crust emplaced beneath the continental
lithosphere in Precambrian time (MacGregor and Manton,
1986). The data on which this conclusion is based
come primarily from measurements of oxygen isotopic
ratios combined with trace element and radiogenic isoto-
pic ratios. The oxygen isotopic ratios (low @O18), in
particular, are difficult to explain as originating anywhere
other than in oceanic crust. Similar evidence for
underplating of cratonic mantle by oceanic lithosphere
has also been found in sulfide inclusions in eclogitic dia-
monds from southern Africa, where episodic diamond for-
mation has been linked to the accretion of oceanic
lithosphere onto early cratonic nuclei, with subsequent
stabilization of the tectospheric mantle (Shirey et al.,
2001).
Lithosphere–asthenosphere boundary
A fundamental concept of plate tectonic theory is that the
cold, rigid lithospheric plates of the Earth’s outer rind are
decoupled from the hot, ductile underlying mantle of the
convecting Earth at the lithosphere–asthenosphere bound-
ary (LAB). The detailed nature of this global boundary,
despite many years of intense study, is still very poorly
known. Yet understanding the seismic and rheological
character of the decoupling zone between lithosphere
and asthenosphere is a critical element in understanding
the dynamical interaction between the lithospheric plates
moving across the surface of the globe and the convecting
asthenospheric mantle beneath. While seismic studies of
the LAB beneath the ocean basins show that in many
cases – although by no means all – the LAB can plausibly
be related to an isotherm or rheological interface, the
LAB beneath continents is far more problematic, particu-
larly beneath the stable continental interior, where the
LAB has been remarkably difficult even to detect, and
its specific nature remains largely unknown.

Much of the information gleaned over the past 2
decades on the velocity structure and thickness of the
continental lithosphere comes from seismic tomography,
which images 3-D variations in velocity distribution in
the upper mantle. Where continental lithospheric mantle
is present, it is seen as a higher velocity layer overlying a
lower velocity asthenosphere. On the other hand, tomo-
graphic imaging, while an invaluable tool for 3-D map-
ping of velocity structure, provides little or no
information as to the sharpness of the lithosphere–
asthenosphere boundary or the velocity contrast across
it. This is a significant limitation, as knowledge of the fine
structure of the LAB is crucial to sorting out the compet-
ing effects of varying geothermal gradients and the pres-
ence or absence of hydrous/carbonate fluids or partial
melts for decoupling the continental lithosphere from the
mobile mantle beneath.

Direct approaches to determining velocity structure at
the base of the lithosphere generally involve investigating
the small seismic signals produced either by the conver-
sion or the reflection of teleseismic body waves incident
on the underside of the lithosphere–asthenosphere discon-
tinuity (e.g., [Rychert et al., 2005; Sacks and Snoke,
1977]). A converted phase is generated when some frac-
tion of the energy of a compressional/shear wave that is
obliquely incident on a velocity discontinuity in the Earth
is converted to a shear/compressional wave. One widely
used method, receiver function analysis (see Seismic,
Receiver Function Technique), can effectively isolate the
small signals on seismic records that represent conver-
sions from the LAB. In principle, the waveform and
amplitude of converted phases can provide detailed infor-
mation about the structure (sharpness) and the velocity
contrast – including the sign of the velocity contrast –
across a discontinuity. Similarly, underside reflections
from the LAB, which are seen on seismic records as small
precursors to the large amplitude SS or PP surface reflec-
tions from distant earthquakes can be used to determine
the sharpness and velocity contrast across the LAB.
Unlike conversions, however, underside reflections sam-
ple substantial areas of the LAB (typically �1,000 km in
the case of SS phases) and, therefore, measure average
regional, rather than local, structure.

Unlike most discontinuities in the Earth, the LAB rep-
resents a reversal in velocity with depth, the effect of
which is to produce a converted or reflected signal with
opposite polarity to that produced by a velocity increase.
Results of receiver function studies of converted phases
from the LAB have been decidedly mixed. An important
study published in 2005 (Rychert et al., 2005) revealed
a sharp LAB at a depth of about 100 km beneath northeast-
ern USA (Figure 3). The authors suggested on the basis of
the magnitude of the negative shear-wave velocity con-
trast across the LAB (�5–10%) and the sharpness of the
velocity transition (�10 km or less) that the LAB cannot
be produced by thermal or compositional contrast alone,
but must represent a transition from solid (melt-free) lith-
osphere to a porous asthenosphere containing at least a
few percent of partial melt or fluid phase. Thus, the LAB
could correspond to the solidus, or point of incipient



Lithosphere, Continental, Figure 3 A schematic 3-D rendering of LAB conversion points beneath six permanent seismic stations
(red triangles) in northeastern USA (From [Rychert et al., 2005]. With permission). Inset map at top shows location of 3-D rendering.
Topography is shown as shaded relief on the upper 3-D panel. The lower surface represents the base of the lithosphere, which
ranges in depth from 90 km (orange) to 110 km (pink). Blue circles on the LAB discontinuity surface indicate the conversion points of
the Ps phases. Black lines connect piercing points to the station at which the conversion is observed (Rychert et al., 2005).
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melting, in the mantle beneath the continent, or it could
mark the depth at which an impermeable barrier (the
lithosphere) blocks the upward migration of fluids or par-
tial melts from deeper in the mantle. In either case, the
LAB in the Rychert et al. study represents a remarkably
sharp rheological boundary, implying an abrupt
transition from rigid lithosphere to ductile asthenosphere.
Subsequent studies employing similar methodologies
to those of Rychert et al., however, have proven difficult
to interpret (e.g., [Rychert and Shearer, 2009]), in that
LAB depths so measured, particularly those beneath the
stable continental interior, are incompatible either with
tomographic images or with expected lithospheric thick-
ness based on xenolith data or heat flow analysis (Pollack,
1986; Romanowicz, 2009). Thus, while the lithosphere–
asthenosphere boundary beneath continents may be sharp
and readily identified in some areas, notably tectonic
regions or those of younger age, it would appear that
beneath large parts of the stable continents the LAB may
simply be too diffuse and/or heterogeneous to be identi-
fied as a single coherent discontinuity.
Summary and conclusions
Lithosphere, as it is understood in plate tectonic phraseol-
ogy, is a term that was developed almost entirely in the
context of oceanic plates. There, the discontinuity separat-
ing oceanic lithosphere from asthenosphere is widely rec-
ognized to be a rheological boundary between a strong
melt-free plate and a weak, probably partially molten
asthenosphere. In many important respects, we now know
that this easily visualized oceanic model – universally
displayed in textbooks both elementary and advanced –
is a cartoonish oversimplification when applied to the con-
tinental lithosphere. Although there do appear to be
regions where the continental lithosphere is almost as well
defined as it is beneath ocean basins, the distinction
between lithosphere and asthenosphere at depth beneath
the continents, specifically the boundary between the
two, is still shrouded in uncertainty. The failure of our abil-
ity seismologically to determine where lithosphere ends
and asthenosphere begins has major implications for plate
tectonic models in a dynamical earth. If we do not under-
stand the coupling (or lack thereof) between lithosphere
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and asthenosphere, and the depth at which that occurs,
then the task of sorting out the geodynamical drivers
for plate tectonics becomes an exceedingly difficult exer-
cise. While seismology ultimately has the ability to ferret
out the truth of how continental plates are coupled or
decoupled from the mobile mantle beneath, we are not
quite at that point in the science. Nonetheless, the study
of the continental lithosphere, particularly the lithospheric
mantle, is entering a period of unprecedented expansion.
In the USA, the EarthScope program’s Transportable
Array of 400 broadband seismic systems has migrated to
the country’s midsection, with nearly 1,000 stations occu-
pied at the time of this writing. Similar large-scale pro-
grams are well underway in Japan, China and Europe,
giving hope that within the next several years the conti-
nental lithosphere and the lithosphere–asthenosphere
boundary will have been mapped at high resolution over
much of the globe’s surface.
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Definition
Thermal conduction is the dominant form of heat trans-
port across the lithosphere. The thermal structure of the
continental lithosphere and its thickness are determined
by the distribution of heat-producing elements in crust
and lithospheric mantle, and the boundary condition at
its base. Vertical seismic velocity profiles, geothermo-
barometry on mantle xenoliths, and sedimentary records
of subsidence provide additional constraints on litho-
spheric thickness and temperature. The base of the litho-
sphere can be defined as the intersection of the
conductive temperature profile with the mantle isentrope.



682 LITHOSPHERE, CONTINENTAL: THERMAL STRUCTURE
Introduction
The lithosphere is the superficial shell, or boundary layer,
that lies at the top of the convecting mantle and experi-
ences little internal deformation. The concept of litho-
sphere has evolved over the years, leading to various
definitions and estimates of its thickness. The base of the
lithosphere was initially defined by a seismic low-velocity
zone associated with partial melting. In the oceans, it was
also determined by the variations of sea floor depth and
surface heat flux as a function of age. It was clear from
the beginning that all these definitions are related to the
thermal structure. For instance, partial melting requires
temperatures above the solidus of mantle rocks. These def-
initions were introduced, and tested, in the oceans with
varying degrees of success but could not be readily
extended to the continents. Over large continental areas,
no seismic low-velocity zone can be detected and, for a
long time, the meager scatter-shot heat flux data set
allowed conflicting interpretations.

In the oceans, the lithosphere is made out of homoge-
neous starting material that is well characterized. It is
affected by few thermal perturbations and tectonic events
during its short residence time at Earth’s surface. Its ther-
mal structure and thickness are essentially functions of
only one variable, age, and evolve in simple ways that
can be studied with several independent geophysical tech-
niques. In comparison, the continental lithosphere is het-
erogeneous and thick. Not only was it formed a long
time ago by processes that are still debated today, but it
has been affected by a succession of perturbations and tec-
tonic events which have left their imprints. Its thermal
structure is sensitive to the large amounts of heat-
producing elements in the crust and cannot be character-
ized by age only.

Because the continental lithosphere is thick, its thermal
relaxation time is very large, which offers opportunities to
studymechanisms that are no longer active today. Because
of its old age, it preserves structural and chemical records
of ancient geological processes. From a purely thermal
standpoint, it plays an important role in regulating the
Earth’s heat loss and in storing large quantities of radioac-
tive elements that are no longer available to power mantle
convection.
The thermal boundary layer of mantle convection
The lithosphere can be defined from a purely thermal
standpoint. There are two basic mechanisms of heat trans-
port within the Earth, conduction and convection. Con-
vection refers to the transport of energy by matter that is
set in motion by buoyancy forces. Without mass transport,
energy can be transferred by conduction in association
with a temperature gradient. These mechanisms are
important in different parts of the Earth. At shallow depths
beneath the surface, the cold upper layer does not deform
easily on geological timescales, so that conduction is the
dominant heat transport mechanism. The lithosphere
may be defined from this perspective, but this definition
does not account for heat that is supplied by convection
from below. One must add a relatively thin convective
boundary layer at the base of the lithosphere, which con-
nects the rigid and purely conductive upper region to the
well-mixed mantle below. In this basal boundary layer,
heat transport by conduction is not negligible, as discussed
below in more detail.

Thermal structure
In the continental lithosphere, heat is in part supplied from
below by convection and in part generated by the decay of
radioactive elements. In steady state and assuming that
heat transport occurs in the vertical direction only, the heat
balance equation is:

0 ¼ � dq
dz

þ H (1)

where z is depth, q is the vertical heat flux, and H the rate
of heat production. In the upper part of the thermal bound-
ary layer, there is no convection and the heat flux is given
by the Fourier law of heat conduction:

q ¼ �l
dT
dz

(2)

where T is temperature and l thermal conductivity. The
temperature gradient can be measured at Earth’s surface
in deep boreholes, and determined in the lithospheric root
below the crust using the thermodynamic equilibrium con-
ditions between mineral assemblages found in sample
from the mantle, mantle xenoliths found in kimberlite
pipes. Typical values in stable continents are 15 K km�1

and 5 K km�1, respectively (Figure 1). The difference
between these two values is due to radiogenic heat produc-
tion in the continental crust. Below the lithosphere, the
temperature gradient is dictated by the convective regime
and is expected to be close to an isentrope. By definition,
entropy is conserved when going up or down an isentrope,
such that:

dTS
dz

¼ agTS
Cp

(3)

where a is coefficient of thermal expansion, g is accelera-
tion of gravity, TS is temperature, and Cp is specific heat at
constant pressure. For the Earth’s mantle, the isentropic
gradient is typically 0.5 K km�1, which is much less than
the conductive gradient in the lithospheric mantle. One
identifies the isentrope by its potential temperature, that
is, the value of its temperature at atmospheric pressure.

Three different depths may be defined in the thermal
boundary layer (Figure 2). The shallowest boundary, h1,
corresponds to the base of the rigid upper part and of
what we shall call the thermal lithosphere. The deepest
boundary, at depth h3, corresponds to the top of the well-
mixed mantle and lies along the mantle isentrope. With
no knowledge of boundary layer characteristics and
heat transport mechanisms, one cannot determine h1.
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An intermediate depth, h2, is obtained by downward
extrapolation of the conductive geotherm to the mantle
isentrope. h3 is obtained from seismic velocity anomalies,
as it is such that temperatures do not deviate significantly
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Figure 1 Pressure and temperature estimates from studies of
mineral assemblages in xenoliths from the lithospheric mantle
beneath the Kirkland Lake kimberlite pipe, Abitibi sub-province,
Canadian Shield. Data are taken from Vicker (1997). The best fit
(dashed line) indicates a temperature gradient of 5 K km�1. Note
that it intersects Earth’s surface at a temperature of about 400�C,
showing that the temperature gradient is larger than 5 K km�1 in
the crust.
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Lithosphere, Continental: Thermal Structure, Figure 2 Left: Schem
lithosphere, illustrating three different thicknesses and temperature
boundary layer. h2 is determined by downward continuation of the
that approximates the temperature profile in the well-mixed conve
such that temperature is along the well-mixed isentrope. Right: thr
characteristics. Heat is transported by conduction only above depth
depths, a convective boundary layer is such that both heat transpo
from those beneath oceans or from the average mantle
velocity profile. These thickness determinations say noth-
ing about h1. Yet, it is h1 that defines the mechanically
coherent unit (the “plate”), which moves at Earth surface
and sets the thermal relaxation time that follows tectonic
and magmatic perturbations. Uncertainty on this thickness
has severe consequences because the diffusive relaxation
time is / h2=k, where k is thermal diffusivity.
Three contributions to the surface heat flux
In steady state, Q0, the heat flux at Earth’s surface, is
obtained by integrating the heat balance Equation 1 and
can be broken down into three components:

Q0 ¼ Qcrust þ Qlith þ Qb (4)

where Qcrust and Qlith stand for the contributions of heat
sources in the crust and in the lithospheric mantle and Qb
is the heat flux at the base of the lithosphere. To describe
heat transport mechanisms and the lithosphere structure,
one must introduce three temperatures, T0 at the upper
boundary, which, for all practical purposes, may be taken
as fixed and equal to 0�C, Tb at the base of the lithosphere,
and Tm along an isentrope in the well-mixed convective
interior (Figure 2). One can reasonably assume that the
mantle potential temperature is the same beneath conti-
nents and oceans, and hence that it can be deduced from
the composition of mid-ocean ridge basalts (Kinzler and
Grove, 1992). Today, this temperature is about 1,325�C.
Tb, the temperature at the base of the thermal lithosphere
(the rigid lid), cannot be determined from geophysical
measurements.
Convective boundary layer

Well-mixed mantle

T

Conductive
boundary layer

atic vertical temperature profile through the continental
s. Thickness h1 corresponds to the rigid upper part of the thermal
temperature profile in the rigid upper part to the isentrope

ctive mantle. h3 denotes the base of the thermal boundary layer,
ee different regions with different heat transport
h1 and by convection only below depth h3. Between these two
rt mechanisms are important.



0

5

100

0

P
a) )

684 LITHOSPHERE, CONTINENTAL: THERMAL STRUCTURE
In the oceans, one may ignore Qcrust and Qlith and, for
sea floor older than 100 My, the surface heat flux is equal
to the basal heat flux. In this case:

Q0 ¼ Qb ¼ l
Tb � T0

h1
¼ l

Tm � T0
h2

(5)

Well-established convection theory leads to a closure
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Lithosphere, Continental: Thermal Structure, Figure 3 Solidus
temperature of dry mantle peridotite as a function of pressure
and depth, fromHerzberg (1983). Also shown are two isentropes
that intersect the solidus at depths of 60 and 250 km.
equation relating Qb to the temperature difference across
the convective boundary layer, (Tm � Tb) (Davaille and
Jaupart, 1993; Solomatov, 1995). In this case, therefore,
measurement of the surface heat fluxQ0 allows determina-
tion of the basal heat flux and of the temperature differ-
ence (Tm � Tb). In turn, this leads to the values of
thicknesses h1 and h2 as well as of basal temperature Tb.
In the oceans, therefore, the values of all the variables
can be deduced from surface measurements. In the conti-
nents, the problem is more complicated because the sur-
face heat flux includes the crustal contribution Qcrust,
which may vary by large amounts. This crustal component
is typically about 30 mWm�2 out of a total of 42 mWm�2

in Archean (i.e., older than 2.5 Gy) cratons. In such condi-
tions, surface heat flux measurements do not provide
a direct measure of the heat flux at the base of the litho-
sphere, which must be inferred from other data with
methods that will be discussed below. Qcrust depends on
the composition of the continental crust, which itself
reflects the past history of magma emplacement and tec-
tonic deformation/accretion. Observations show that it
varies by large amounts even in a single geological prov-
ince. It cannot be calculated from first physical principles
and must be determined on a case-by-case basis using
a host of different measurements.

Controls on lithosphere thickness
The lithosphere owes its physical properties to partial
melting and melt extraction processes which leave
a solid residue that is both less dense and mechanically
stronger than the starting mantle material. Mechanical
strength is due to both the lower temperature in the litho-
sphere than in the convective mantle, and to dehydration
that occurred during partial melting (Pollack, 1986). Melt-
ing may be achieved by two different mechanisms operat-
ing in different settings. One mechanism is decompression
in an upwelling and has been documented in considerable
detail in mid-ocean ridges (McKenzie and Bickle, 1988).
Decompression melting begins at a depth, which depends
on mantle temperature and water content (e.g., 60–80 km
for the oceans today). Continents are not linear features,
and were probably not generated by linear mantle upwell-
ings such as present-daymid-ocean ridges. Their formation
has been linked to large mantle plumes or subduction zones
(Carlson et al., 2005). For mantle plumes, the mechanism is
basically the same as that beneath mid-ocean ridges and
the depth where melting starts dictates the thickness of
the buoyant solid residue. In a dry mantle, high potential
temperatures are required for the generation of thick litho-
spheric roots (Herzberg, 1983) (Figure 3). For a thickness
of 250 km, for example, the mantle potential temperature
must be about 1,800�C. On the other hand, if the Archean
mantle was wet, melting occurred at shallower depths and
at lower temperatures (Grove and Parman, 2004). In this
case, a second event is required to account for the large
thickness of continental lithosphere, involving large-scale
compression and/or thrusting. For both types of models,
the lithosphere thickness provides a strong constraint on
the mechanism of continent formation.
Heat flux at the base of the continental crust
and at the base of the lithosphere
Constraints on the thermal structure of the continental lith-
osphere may be obtained with several geophysical methods.
To obtain continuous temperature profiles, however, one
can only use surface heat flux data and downward continue
shallow temperature measurements. To this aim, one needs
to specify the heat flux at the base of the lithosphere.
A first step is to determine the amount of heat produced in
the continental crust or, alternatively, the heat flux at the
Moho discontinuity.
Crustal heat production
Uranium and thorium are the main heat-producing ele-
ments in rocks. They are located mostly in accessory min-
erals and grain boundaries, which depend weakly on the
bulk chemical composition. Thus, their concentrations
are not related to physical properties such as density and
seismic velocity and cannot be retrieved from large-
scale geophysical studies. In addition, they vary by large
amounts at all scales, from that of a petrological thin
section to that of a whole massif. Within an apparently
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Table 1 Element concentration and heat production in the
continental crust, from Rudnick and Gao (2003). Element
concentrations are given in ppm

U Th K mW m�3

Upper crust 2.7 10.5 23,300 1.65
Middle crust 1.3 6.5 19,200 1.00
Lower crust 0.2 1.2 5,080 0.19
Total crust 1.3 5.6 15,080 0.89

Lithosphere, Continental: Thermal Structure,
Table 2 Estimates of bulk continental crust heat production
from heat flux data, from Jaupart and Mareschal (2003)

Age group Aa Qb
crust

Archean 0.56–0.73 23–30
Proterozoic 0.73–0.90 30–37
Phanerozoic 0.95–1.21 37–47
Total continents 0.79–0.99 32–40

aRange of heat production in mW m�3

bRange of the crustal heat flow component in mW m�2

LITHOSPHERE, CONTINENTAL: THERMAL STRUCTURE 685
homogeneous pluton, they can change in both vertical and
horizontal directions due to fluid migration and late-stage
alteration. In the Bohus granite, Sweden, for example, tho-
rium concentrations vary by a factor of 5 over horizontal
distances as small as a few tens of meters (Landstrom
et al., 1980).

In a geological province, radioelement concentrations
cannot be estimated using data from other provinces and
must be measured in all the major rock types present. They
depend on lithology and are high in granites and
metasediments, so that a geological map gives a rough
idea of the spatial distribution of heat production. With
the very wide ranges that exist for each rock type, how-
ever, the standard deviation of the heat production distri-
bution is large, and often larger than the mean. As a
consequence, a single thermal model for a province would
gloss over the important lateral temperature variations that
occur due to the heterogeneous crustal structure. For
a reliable thermal calculation in a specific area, one cannot
use the local heat production values of a few rock types
found on the outcrop because temperatures are sensitive
to heat that is generated over rather large volumes. Aver-
age heat production values must be determined on a scale
that is intermediate between the dimensions of individual
plutons and the size of the province.

Vertical variations of heat production can be deter-
mined in deep boreholes or from exposed crustal sections.
On a vertical scale of �10 km, data from the deep bore-
holes at Kola, in the Russian part of the Baltic Shield,
(Kremenentsky et al., 1989) and the KTB, Germany,
(Clauser et al., 1987), show no systematic change with
depth. At KTB, heat production between 8 and 9 km depth
is the same as between 1 and 2 km, and higher than above
1 km. At Kola, heat generation in the Archean rocks
between 8 and 12 km is higher (1.47 mW m�3) than in
the shallower Proterozoic section (0.4 mW m�3).

Over a crustal thickness scale, heat production is lower
in mid-crustal assemblages than in the upper crust. This
vertical variation is not monotonous and cannot be
described by a simple function valid everywhere, as
shown by exposed crustal sections such as the Vredefort
in South Africa (Nicolaysen et al., 1981), the Cordilleran
core complexes of Arizona (Ketcham, 1996), or the
Pikwitonei-Sachigo and Kapuskasing-Wawa areas of
Canada (Fountain et al., 1987; Ashwal et al., 1987). One
robust feature is the depletion of lower crustal assem-
blages in comparison to upper and middle crustal ones
(Table 1).

Table 1 lists estimates derived from global geochemical
models of the crust and a very large number of measure-
ments. The crust is split into three different crustal horizons
corresponding to average regional seismic models. The
model crust is 40 km thick with middle crust in the 12–23
km depth range, and is such that Qcrust = 36 mW m�2.
Another method relies on heat flux data and will be
explained below (Table 2). With this method, one may
also evaluate heat production variations between Prov-
inces. The two independent methods lead to comparable
results and show that crustal heat generation typically
accounts for more than half of the surface heat flux.

Heat flux and heat production
With the large variations in the concentrations of heat-
producing elements that have been documented in crustal
rocks, it is not surprising that, in continents, the surface
heat flux changes by large amounts over small horizontal
distances of a few tens of kilometers. The largest anoma-
lies occur in association with enriched granitic plutons.
These plutons are usually of small size, and the local value
of the heat flux is not representative of the average crust
that lies below the measurement site. In such conditions,
studies of the thermal structure of continents require large
data sets. The challenge is to obtain average values of heat
flux and heat production that are representative of the
whole crust in an area. We discuss the scales over which
this can be done in a reliable manner.

There is only a weak relationship between local values
of heat flux and heat production in a geological province
(Figure 4). For a representative thermal model, one must
determine an average heat flux value over an area that is
sufficiently large for the smoothing of small-scale varia-
tions due to isolated anomalous massifs. Figure 4 also
shows data for 10 � 250 km � 250 km windows distrib-
uted in North America. These are located in the same area
as the individual heat flux values discussed previously,
and show that a relationship between heat flux and heat
production begins to emerge at this scale. Even at this
scale, the relationship is not defined tightly due to insuffi-
cient sampling of heat production. A single heat flux value
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Figure 4 Relationship between heat flux and radiogenic heat
production in North America at different scales, from Levy et al.
(2010). Top panel: for individual measurements, there is clearly
no relationship between the two. Middle panel: at an
intermediate scale of about 200 km, a relationship between the
average values of heat flux and heat production begins to
emerge. The dashed line corresponds to the best-fit linear
relationship defined by province-wide averages. Bottom panel:
shows a strong correlation between the average values of heat
flux and heat production for the five major geological provinces
of North America. The best-fit linear relationship has a slope of
9 km and an intercept of 33 mW m�2. Symbols are as follows:
App, Appalachian province (400 My); Gre, Grenville province
(1,100 My); THO, Trans-Hudson Orogen (1,800 My); Sup, Superior
province (>2,500 My); Slave, Slave province (>2,500 My).
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is sensitive to crustal heat production over large horizontal
distances and records the contribution of many different
geological units. In contrast, the heat production values
correspond to a small number of rocks found at shallow
depth in boreholes used for heat flux determinations.
The limited sampling achieved at a scale of 250 km does
not account for the full range of rock types and heat
production rates in the crust. For representative heat pro-
duction averages, one needs to work at a larger scale.
Figure 4 shows data for five major geological provinces
in North America with typical dimensions of �500 km
� 500 km. These provinces cover the geological history
of the stable continent and represent different types of
continental crust. Furthermore, they have been exten-
sively deformed and eroded, so that rocks from a large
range of depths can be found at the surface. The
metasedimentary-plutonic belts of the western Superior
Province, Canadian Shield, for example, include rocks
from all metamorphic grades up to granulite facies. The
province-wide averages exhibit a remarkable linear rela-
tionship, with a heat flux intercept of �33 mW m�2

corresponding to crust with zero surface heat production.
The data for the 10� 250 km� 250 kmwindows lie close
to this global linear relationship (Figure 4).

The Moho heat flux is equal to:

QM ¼ Q0 � Qcrust ¼ Qlith þ Qb (6)

which depends on heat production in the lithospheric man-
tle and on the heat flux at the base of the lithosphere. Both
components come from depths larger than the crustal thick-
ness, so that lateral variations, if they exist, get smoothed
out by horizontal diffusion. For an average lithospheric
thickness of 250 km, variations of the basal heat flux Qb
over wavelengths smaller than 500 km are not detectable
in the surface heat flux (Mareschal and Jaupart, 2004).
A similar statement can bemade for the contribution of heat
sources in the lithospheric mantle,Qlith. Thus, on scales that
are smaller than 500 km, one must consider that the Moho
heat flux is uniform and that variations of the surface heat
flux come solely from changes of crustal heat production.

The strong correlation that is observed between the
province-wide average surface heat flux and heat produc-
tion indicates that variations of the Moho heat flux are
small throughout the whole North American continent
(Figure 4). If there were large variations of the Moho heat
flux, they would need to be compensated by opposite var-
iations of the average lower crustal heat production. No
physical mechanism can explain how such independent
variables can be linked to one another. Variations of the
Moho heat flux are therefore less than the intrinsic uncer-
tainty on the heat flux measurements and the magnitude of
departures from the heat flux–heat production relation-
ship, which is about 2–3 mW m�2 (Mareschal and
Jaupart, 2004). The absolute value of the Moho heat flux
is not specified by this analysis, however, and this issue
is discussed in the next section.
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The Moho heat flux
Direct determination of the heat flux through the litho-
spheric mantle can be made using xenolith samples
brought from lithospheric depths by powerful kimberlitic
eruptions. Coexisting mineral assemblages and mineral
compositions allow estimates of pressure and temperature
and of the geothermal gradient. Together with a thermal
conductivity estimate, they lead to values of the heat flux
beneath the crust. For the Kirkland Lake pipe, within the
Superior Province, Canada, (Figure 1), Rudnick and
Nyblade (1999) obtained a best-fit Moho heat flux
estimate of �18 mW m�2 within a total range of
17–25 mW m�2. Russell and Kopylova (1999) derived
a best-fitting value of 15 mW m�2, within a range
between 12–24 mW m�2, for the Jericho kimberlite area
of the Archean Slave Province, also in Canada. Figure 5
shows data from several kimberlite pipes in the Slave
Craton (D. Canil, 2007, personal communication). There
are significant temperature differences between the differ-
ent data sets. Surprisingly, the youngest eruptions, which
provide recent samples of the lithospheric mantle, yield
the highest temperatures. A similar result is obtained in
the Kaapvaal craton, South Africa (Michaut et al., 2007).
If these temperature variations are indeed due to age and
reflect the time evolution of lithospheric temperatures,
they are not consistent with secular cooling of the Earth’s
mantle. The pipes do not overlap so that the data may in
fact record lateral variations of temperature in the litho-
spheric mantle, which can only be explained by changes
of heat production. Nevertheless, these data lead to similar
values of the temperature gradient and heat flux.

Bounds on the Moho heat flux can be obtained by tak-
ing advantage of the variations of heat flux and crustal
structure in a geological province. Combined with heat
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Lithosphere, Continental: Thermal Structure, Figure 5 Relationsh
of the Slave Province, Canada (from D. Canil, 2007, personal comm
repeatedly by kimberlite pipes in the same area. Left panel: data fro
compared to those for the oldest pipe in the area. On average, temp
of the older pipes by about 150 K. Such differences may indicate la
production data for the various rock types involved, one
can isolate the variable crustal component and the uniform
Moho heat flux. In Canada, Moho heat flux values of
10–15 mW m�2 have thus been derived for the Grenville
Province, the Trans-Hudson Orogen (THO), for the Abi-
tibi belt of the Superior Province (Jaupart and Mareschal,
2007). Crustal thickness and composition can also be
constrained by combining seismic refraction, gravity,
and heat flux. Such methods lead to values ofQM between
7 and 15 mW m�2.

Another method relies on Pn velocities from seismic
refraction surveys (Perry et al., 2006). For given values
of the surface heat flux, the Moho temperature depends
on the amount of crustal heat production and hence on
the Moho heat flux. One can therefore obtain a relation-
ship betweenMoho temperature and seismic velocity with
the Moho heat flux as control parameter. One can also
derive independently a relationship between temperature
and seismic velocity using laboratory measurements of
elastic properties and seismic velocities, with the bulk
mantle composition as control parameter. The two rela-
tionships are only consistent with one another over
a restricted range of composition and Moho heat flux.
For depleted mantle compositions appropriate to the Supe-
rior Province, a good fit between predicted and observed
Pn velocity values is obtained if the Moho heat flux is
within a range of 12–25 mW m�2 (Perry et al., 2006).

The three different and independent methods that we
have described have all been applied to the Abitibi belt
in the Canadian Shield and can be combined to tighten
the final range to 12–15 mW m�2 for that sub-province.
Lower and upper bounds on the Moho heat flux have been
derived using other arguments. Upper bounds on the man-
tle heat flux are obviously provided by the lowest heat flux
600 800 1,000 1,200 1,400

55 My

ture (°C)

ip between temperature and depth in the lithospheric mantle
unication). The Slave Province is small and has been pierced
m the two oldest pipes. Right panel: data for two young pipes
erature estimates from the two young pipes are larger than those
teral temperature variations in the lithospheric mantle.
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measured. Values of 20–23 mW m�2 have been reported
within the Canadian Shield (Mareschal et al., 2000).
Regional values as low as 18 mW m�2 have also been
reported for the Baltic or Siberian Shield. One can refine
this estimate to 18 mWm�2 using lower bounds on crustal
heat production.

The methods that we have described here rely on differ-
ent data and hence are associated with different sources of
uncertainty. That such completely independent methods
converge to similar results allows some confidence in the
final range obtained. Values lower than 12 mW m�2 are
not consistent with the xenolith data whereas values
higher than 18 mW m�2 can be excluded because of the
heat flux data. This upper bound appears to be valid for
all the shields (Jaupart and Mareschal, 2007).
Lithospheric geotherms
Using information on heat flux values at the surface and at
the Moho, one may determine geotherms through the lith-
osphere. The calculation requires values for thermal con-
ductivity that are discussed in the Appendix. Figure 6
shows two such geotherms for two provinces in North
America, which are consistent with both seismic and heat
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Lithosphere, Continental: Thermal Structure, Figure 6 Two
steady-state lithospheric geotherms beneath the Appalachian
and Superior provinces of North America, from Levy et al. (2010).
These two geotherms were deduced frommeasurements of the
surface heat flux and heat production, and were constrained by
requiring consistency with seismic data. The dashed line is the
isentrope for a potential temperature of 1,350�C.
flux data (Levy et al., 2010). These two geotherms inter-
sect the well-mixed mantle isentrope at different depths,
indicating large lateral thickness variations for the conti-
nental lithosphere. The maximum thickness is reached
beneath the Archean Superior province and is estimated
to be 280 � 30 km.

Thermal transients
Because the continental lithosphere is thick, it is character-
ized by a long thermal relaxation time. For a thickness of
250 km and a thermal diffusivity k equal to 10�6 m2 s�1,
the characteristic diffusion time t = h2/k is �2 Gy. This
is much longer than that of the oceanic lithosphere, which
is only about 200 My (for a thickness of 80 km). We shall
now discuss two types of thermal transients in thick
lithosphere.

Thermal relaxation following a thermal/tectonic
perturbation
Thermal relaxation of the lithosphere following a deep
thermal perturbation can lead to subsidence, which has
been recorded in intracratonic sedimentary basins located
away from active plate boundaries. Subsidence histories
for two such basins of North America, the Michigan and
Williston basins, are shown in Figure 7 and emphasize
their long durations exceeding 200 My. On the basis of
models for heat transport and cooling in the vertical direc-
tion only, the thickness of the North American lithosphere
is found to about 115 km beneath the Michigan basin and
270 km beneath the Williston (Haxby et al., 1976; Ahern
and Mrkvicka, 1984). There is no obvious explanation
for such a large thickness difference in the middle of the
North American continent, which suggests that the subsi-
dence models may be oversimplified. These models rely
on 1-D calculations and hence are only valid if the thermal
anomaly stretches over a horizontal distance that is much
larger than the lithosphere thickness. The Michigan and
Williston basins have been attributed in large part to plate
flexure driven by a deep load (Nunn and Sleep, 1984;
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Figure 7 Subsidence histories for the Michigan and Williston
basins, North America.
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Ahern andMrkvicka, 1984). This load is related to the ini-
tial thermal anomaly and has a radius of about 120 km
beneath the Michigan basin (Haxby et al., 1976), which
is smaller than the thickness of the lithosphere beneath
the North American craton. In these conditions, the
assumption of purely vertical heat transfer is not tenable.
Kaminski and Jaupart (2000) have reevaluated thermal
models for the continents by taking into account lateral
heat transport within thick lithosphere. They considered
a lithosphere of thickness h with a cylindrical thermal
anomaly of radius a between depths h and b. At the surface
(z = 0), temperature is fixed at T0. At steady state, the base
of the lithosphere is at T = T0 + DT. Assuming, for exam-
ple, that the thermally perturbed region is initially at
a uniform temperature T0 +DT, temperature can be written
as the sum of the equilibrium temperature and a dimen-
sionless perturbation y:

Tðr; z; tÞ ¼ T0 þ DT
z
h
þ yðr; z; tÞ

h i
; (7)

where r is the radial distance. The temperature perturba-
tion may be expressed in terms of a vertical component
yZ, which corresponds to the 1-D solution, and a radial
component, which can be calculated using Bessel func-
tions. For thermal anomalies with planforms that are not
circular, lateral heat transfer is dominated by the smallest
horizontal dimension.

The acceleration of cooling due to lateral heat loss can
be measured simply by the time to achieve 90% of the
final subsidence, noted t2, scaled to that for an infinitely
wide initial perturbation, t1 (corresponding to the 1-D cal-
culation) (Figure 8). Results are sensitive to the boundary
condition at the base of the lithosphere and show that the
impact of lateral heat transport is significant for a/h < 1,
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Lithosphere, Continental: Thermal Structure, Figure 8 Time to
achieve 90% subsidence in thick lithosphere as a function of
the radius of the deep lithospheric thermal anomaly, a (scaled to
the lithosphere thickness h). The subsidence time has been
scaled to the value obtained with a 1-D thermal model for purely
vertical heat transport. Results have been obtained for two
different boundary conditions at the base of the lithosphere.
(Adapted from Kaminski and Jaupart (2000)).
corresponding to a <� 250 km in the North American
craton. This is the case of all the major intracratonic
basins. In comparison to the oceans, thermal relaxation
in the continents is lengthened by the larger lithosphere
thickness and shortened by lateral heat transport. Differ-
ent subsidence histories and durations are generated by
the same basic process operating over different lateral
distances.
Secular transients
We have shown above that continental temperatures
depend strongly on radiogenic heat production. Thus, con-
tinents cool down continuously due to the rundown of
radioactivity with time. One should also add that condi-
tions at the base of the lithosphere also evolve with time
due to secular cooling of the whole Earth. This is ill
constrained and we focus our attention to the effects of
decaying heat sources. For the Appalachian geotherm of
Figure 6, for example, crustal heat production contributes
about 300�C. For average Th/U and K/U ratios, radiogenic
heat production decreases by a factor of 2 in about 2.7 Gy.
We thus deduce that continental temperatures decrease at
a rate of about 50 KGy�1, which is comparable to the bulk
mantle cooling rate (Abbott et al., 1994). This simple
argument relies on a quasi steady-state approximation,
such that ancient geotherms are calculated using the
steady-state heat equation together with past values of heat
production. For thick lithosphere, this approximation is
not valid and may lead to significant errors.

In thick continental lithosphere, the timescale for diffu-
sive heat transport is comparable to the half-lives of
Uranium, Thorium, and Potassium. As noted above, the
characteristic time for heat diffusion, equal to h2/k is
2 Gy for 250 km thick lithosphere, which is close to the
decay time of radiogenic heat production (�2.7 Gy).
Thus, heat diffusion is not efficient enough to keep upwith
the decaying heat sources and lithospheric temperatures
are not in equilibrium with the instantaneous rate of heat
production. In these conditions, the vertical temperature
profile exhibits significant curvature and may be hotter
than a steady-state profile by as much as 150 K depending
on the absolute value of the heat generation rate (Figure 9).
Another consequence is that forcing a steady-state temper-
ature profile through xenolith (P,T) data leads to an
overestimate of the mantle heat flux.

For illustration purposes, Figure 9 shows the instanta-
neous vertical temperature profile with decaying sources
and a steady-state geotherm derived for the same pre-
sent-day values of crust and mantle heat production. The
difference between the two geotherms increases with
depth because of increasingly inefficient transport of heat
to the Earth’s surface. For comparison, we have also cal-
culated a steady-state geotherm corresponding to heat pro-
duction values 1.5 Gy ago. The transient geotherm falls
between the steady-state geotherms calculated for heat
production rates at 0 and 1.5 Gy, showing that it is sensi-
tive to heat generation in the past. At the base of the
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Figure 10 Xenolith P-T data from the Kimberley, Jagersfontein,
Premier and Frank Smith kimberlite pipes, Kaapvaal craton,
South Africa (Rudnick, 2003, personal communication). Thick
line: vertical temperature profile for a transient thermal model
with decaying heat sources and for a lithosphere thickness of
225 km. Parameter values are crustal heat production Ac = 0.8
mWm�3, mantle heat production Am = 0 025 mWm�3, and basal
heat flux Qb = 12 mW m�2. Note that the geotherm terminates
above several deep data points, due to the starting assumption
on lithosphere thickness.
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Figure 9 Present-day vertical temperature profile for transient
thermal model with decaying heat sources (thick line) compared
with two steady-state geotherms (solid line for present-day heat
production; dashed line, for heat production rate values 1.5 Gy
ago) for the same set of parameters (h = 250 km, crustal heat
production Ac = 1.0 mW m�3, lithospheric mantle heat
production Am = 0.02 mWm�3, basal heat flux Qb = 10 mWm�2).
Surface heat flow is of 49 mW m�2 for the transient solution,
46 mW m�2 for the present-day steady-state profile, and
62 mW m�2 for the 1.5 Gy steady-state profile.
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lithosphere, all geotherms are parallel because of the con-
stant heat flux bottom boundary condition. Secular tran-
sient behavior is not important at shallow depths, due to
the efficiency of diffusive heat transport over small dis-
tances. In the crust, differences between the transient and
present-day steady-state profiles are very small and can
be neglected for all practical purposes. Between 50 and
150 km depth, heat flux is about 13 mW m�2 for the pre-
sent-day steady-state model and 16 mW m�2 for the tran-
sient one. Maximum departure from thermal equilibrium
is achieved at the base of the lithosphere. The magnitude
of transient effects essentially depends on mantle heat pro-
duction as well as on lithosphere thickness. Large values
of heat production in the lithosphere do not introduce large
transients at shallow depths. In contrast, even small values
of heat production lead to significant effects in a thick
lithosphere.

The secular transient geotherm is compared to
xenolith (P-T) data from Kaapvaal craton, South Africa,
for h = 225 km in Figure 10. For this solution, the surface
heat flux is 47 mW m�2, which is close to measurements
in this region, and heat production in the lithospheric man-
tle is 0.025 mW m�3, which lies in the lower range of
values proposed by Rudnick and Nyblade (1999).
The basal heat flux is 12 mWm�2. The Kaapvaal xenolith
(P,T) data suggest a change of slope in the geotherm at
a pressure of about 5 GPa (Bell et al., 2003). According
to some authors, this marks the transition between litho-
sphere and asthenosphere, with the deepest data points
belonging to the convecting mantle below the lithosphere.
Rudnick and Nyblade (1999) and Bell et al. (2003) have
argued that all data points belong to unperturbed litho-
sphere. Significant curvature of the secular transient
geotherm allows a good fit to all the data and does not sug-
gest a break in the geotherm.

Due to the intrinsic decay of radioactive heat sources,
the lithospheric mantle therefore undergoes secular
cooling even when thermal conditions at the base of the
lithosphere remain steady. Predicted cooling rates are in
the range of 50–150 K Gy�1. Such transient behavior also
has implications for heat flow studies. Assuming that the
decay of radiogenic heat production can be represented
by a single exponential, such that Am(t) = Aoexp(�at),



LITHOSPHERE, CONTINENTAL: THERMAL STRUCTURE 691
the contribution of lithospheric heat production to the sur-
face heat flux is:

DQlithðtÞ ¼ Aoh
tan

ffiffiffiffiffi
at

p
ffiffiffiffiffi
at

p expð�atÞ (8)

This is compared to the instantaneous amount of heat

produced in the lithosphere:

DQlith;iðtÞ ¼ Aohexpð�atÞ (9)

Ratio Q /Q increases as a function of lithosphere
lith lith,i
thickness and is 1.5 for h = 300 km, for example. This
shows that surface heat flux measurements record some
time-average of the deep lithospheric heat production.
Summary
The continental lithosphere is much thicker than its oce-
anic counterpart and its thermal structure depends strongly
on radiogenic heat production in both the crust and in the
mantle. Because of these two characteristics, its behavior
depends on its geological history and is not a simple func-
tion of age. Beneath Archean Shields, it can be as thick as
300 km.
Lithosphere, Continental: Thermal Structure,
Table 3 Constants for calculating the thermal conductivity of
different rock types, from Clauser and Huenges (1995)

Rock type T range (�C) A B

Metamorphic rocks 0–1,200 0.75 705
Felsic rocks 0–1,400 0.64 807
Mafic rocks 50–1,100 1.18 474
Ultramafic rocks 20–1,400 0.73 1,293

Lithosphere, Continental: Thermal Structure,
Table 4 Pressure dependence of lattice conductivity
Appendix: thermal conductivity
For an isotropic medium, Fourier’s law is:

q ¼ �lHT (10)

wherel is the thermal conductivitymeasured inWm�1K�1.
More generally, if the medium is not isotropic, the
thermal conductivity must be defined as a second order
tensor. Thermal conductivity can be broken into lattice
and radiative components, which have different behaviors
as temperature and pressure change.

At low temperatures, heat transport is in large part
effected by lattice vibrations. Lattice conductivity
decreases with increasing temperature.

At larger temperatures, electromagnetic waves trans-
port energy in continuous media. Radiation is rapidly
attenuated but the medium reemits energy if the tempera-
ture is sufficiently high. In a temperature gradient, the
net energy flux will be / T3=T , which has the same form
as the flux for lattice conduction. One can therefore define
a radiative component of conductivity, lR, such that the
radiative heat flux is:

qR ¼ �lRHT (11)
Material ba (� 10�2 GPa�1) Reference

Mafic granulites
(Finland)

2.4 � 0.8 Kukkonen et al. (1999)

Olivine 3.2 Xu et al. (2004)

aCoefficient in Equation 15 for thermal conductivity
The gray body law states that:

lR ¼ 16
3

n2

e
sT3 (12)

where n is the refractive index, 2 is the opacity, and s is
the Stefan constant of black-body radiation (s = 5.67 �
10�8 W m�2 K�4).
Lattice conductivity
For individual crystals, theoretical arguments suggest that,
below the Debye temperature, the temperature depen-
dence of lattice conductivity takes the following form:

lðTÞ ¼ l298

ffiffiffiffiffiffiffiffi
298
T

r
(13)

For polycrystalline assemblages, this equation is no

longer valid and one relies on empirical fits to the data.
Reasonable agreement can be obtained with a relationship
of the type:

lðTÞ ¼ Aþ B
350þ T

(14)

where T is in �C and where constants A and B depend on
the rock type (Table 3).

The effect of pressure on conductivity can be treated
independently of temperature, so that one can write:

lðT ;PÞ ¼ loðTÞð1þ bPÞ (15)

where b is a constant coefficient (Table 4). The effect of
pressure increases conductivity by about 20% between
the surface and 200 km.
Radiative conductivity
For olivine, several independent laboratory measurements
suggest that:

lR ¼ 0:368� 10�9T3 (16)

This equation leads to 0.13< l < 1.8 W m�1 K�1 for
R
700< T< 1,700 K. It is only valid in a single crystal if the
mean free path of photons is independent of temperature.
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For mantle rocks, one must account for scattering and for
the effect of interfaces in a mineral assemblage. Such com-
plications led Marton et al. (2005) to use a constant radia-
tive conductivity component lR = 1 W m�1 K�1 for
temperatures higher than 700 K.
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Synonyms
Geosphere

Definition
Lithosphere (mechanical). This is the rigid (“litho” =
stone) outer layer of the Earth that remains mechanically
strong over geological time spans.Mechanical lithosphere
includes rigid layers of crust and outermost mantle
capable to maintain high differential tectonic stresses,
from 10 MPa to 1 GPa. Mechanical lithosphere is 1.5–2
times thinner than “seismic,” “thermal,” or “chemical”
lithosphere.
Mechanical properties of the lithosphere. This term refers
to the integrated strength of lithospheric plates, their rhe-
ological structure and parameters, and mechanical behav-
ior in response to various tectonic loads.

Introduction
Mechanical properties of the lithosphere are of primary
importance for local and global geodynamics. In particu-
lar, compared to the convective mantle, high long-term
mechanical strength makes the lithosphere a unique
stress/strain guiding and accumulating envelope with
lasting mechanical memory. High strength prohibits inter-
nal heat advection, so thermal conduction is main heat
transfer mechanism in the lithosphere, in contrast to the
convective mantle. High strength also stabilizes vertical
lithological structure of lithosphere making it a stagnant
layer. In contrast to viscous mantle, long-term rheology
of the lithosphere is strongly influenced not only by
its ductile but equally elastic and brittle properties.
It is probably the nonviscous properties of the lithosphere
that shape it in the characteristic plate tectonics patterns.

The term lithosphere has been introduced in the second
half of the nineteenth century, while the notion ofmechan-
ical lithosphere appeared in early twentieth century, in
conjunction with that of seismic lithosphere (see Earth’s
Structure, Global), after formulation of the continental
drift theory by Wegener and first interpretations of
regional isostasy by J. Barrel and Vening-Meinesz (Watts,
2001; see entry Isostasy). The fact that the lithosphere has
finite measurable strength has been demonstrated from
observations and models of regional isostatic compensa-
tion of large topographic loads. Before that, the litho-
sphere was considered either as a very strong solid layer
(Pratt’s model) or, in turn, a weak fractured layer (Airy’s
model). Postglacial rebound studies of early twentieth
century have contributed to the definition of the mechani-
cal lithosphere as the uppermost layer of the solid earth
characterized by slow viscoelastic relaxation, in contrast
to the underlying, relatively low-viscosity asthenosphere.
The long-term mechanical base of the lithosphere, hm, is
limited by the depth to isotherm 500–600�C in oceans
and 700–800�C in continents, compared to almost twice
as deep 1,330�C isotherm delimiting the thermal litho-
sphere (see entries Lithosphere, Oceanic: Thermal
Structure; Lithosphere, Continental: Thermal Structure).
As suggested on the basis of recent mantle–lithosphere
interaction models (e.g., Schmeling et al., 2008), it is the
elastic and plastic properties of the lithosphere that essen-
tially determine the geometry of lithospheric plates and
the mechanisms of formation of constructive, destructive,
and transform plate boundaries at global scale. At smaller
scale,mechanical properties of the lithosphere control for-
mation and evolution of major geological structures such
as rifts, passive margins, foreland basins, mountain
ranges, plateau or strike-slip faults. They also control
short-term processes such as seismicity (Watts and Burov,
2003).
Mechanical properties at different timescales
Mechanical properties of the lithosphere are timescale
dependent (e.g., Watts, 2001). At seismic timescales
(<0.5 h), the lithosphere behaves as an elastic or
brittle-elastic layer of a thickness largely exceeding hm.
At post-seismic timescales (from days to years), the upper-
most crust relaxes a part of seismically induced stress
evoking some rather poorly understood short-timescale
viscoelastic properties. At postglacial rebound timescales
(�several 1,000 year), lithosphere remains largely elastic,
with thickness of the elastic domain almost as impor-
tant as its seismic thickness. At geodynamic timescales
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(>1 Myr), the thickness of the elastic core is reduced to
values smaller than hm, and the stresses are slowly relaxed
at timescales on the order of several Myr. The long-term
properties of the lithosphere were first assessed from
geodynamic-scale observations, first of all, regional isos-
tasy. According to these data, the lithosphere exhibits
a large spectrum of long-term behavior from quasi-elastic
to brittle and viscous. Observation of crustal and litho-
sphere scale faults and distributed seismicity shows that
some domains within the lithosphere deform in brittle-
plastic regime over long time spans, while relaxation of
deformation below, for example, oceanic volcanic islands,
points to long-term viscoelastic strength. However, the
long-term properties of the lithosphere are more generally
studied indirectly using extrapolations from rock mechan-
ics data.

Sources of information on the mechanical
properties of the lithosphere
Flexural studies and experimental rock mechanics data
are major sources of quantitative information on long-term
behavior and strength of the lithosphere. In structured
viscous-elastic-plastic media, all rheological properties
are interrelated, and various time- and scale-dependent
factors may cause variations in the effective elastic, brittle,
and ductile deformation. Consequently, observations of
long-term deformation are of primary importance for
assessment of the effective mechanical properties of the
lithosphere. These and other sources of information are
summarized below:

1. Observations of long-term (t> 1,000 year) lithosphere
response to tectonic loading, in the order of
importance:
� Observations of regional isostatic compensation:

gravity-flexural studies providing estimates for the
equivalent elastic thickness of the lithosphere, Te

� Vertical motions due to postglacial rebound, lake,
and volcanic island loading

� Observations of lithosphere folding (folding wave-
length is a function of plate strength)

� Field observations of ductile and brittle deformation
in the outcrops

� Interpretations of deformational microstructures
and paleo-stresses

� Seismic tomography (e.g., evidence for more or less
strong slabs at depth)

� Borehole stress measurements
2. Intermediate timescale observations (t > 3–10 year):

� Slow-rate rock mechanics experiments (strain rates
10�9 to 10�4 s�1, for ductile properties)

� Geodetic (GPS-INSAR) data over >5 year time
spans (strains, viscoelastic properties)

� Inter-seismic deformation; slow earthquake data
3. Observations of deformation in response to short-term

loading (t < 1 year):
� Short-term rock mechanics experiments (elastic and

brittle properties)
� Distribution of intraplate seismicity (brittle
properties)

� Tidal deformation (viscoelastic properties)
� Post-seismic relaxation (viscoelastic properties)
� Geodetic (GPS-INSAR) data (strains, viscoelastic

properties)
� Attenuation of S waves (proxy to low-viscosity

zones)
� Magnetotelluric sounding (reduced electrical resis-

tivity is proxy to low-viscosity zones)
4. Physical considerations and self-consistent thermo-

mechanical models:
� Estimates of the minimal integrated strength of the

lithosphere required for lifetime stability of geolog-
ical structures, subduction or transmission of tec-
tonic stresses, and forces over large spatial scales,
including horizontal pressure gradients caused by
lateral variations in lithospheric density structure
and topography (gravity potential energy theory).
For example, lithosphere must be strong enough
to transmit ridge push and slab pull forces on the
order of 1011–1013 N per unit length.

� Lithosphere scale numerical thermo-mechanical
models of tectonic processes integrating multidis-
ciplinary data, which allows for testing the validity
of data and hypotheses on lithosphere rheology.

Observations of long-term deformation provide key
parameters such as the integrated strength of the litho-
sphere. These parameters are needed to constrain rock
mechanics data obtained at laboratory conditions, because
they are too far from geological conditions: short time-
scales (t < 5 years), small spatial scales (l � 0.1 m), high
strain rates _e > 10�9 s�1

� �
, small strains (e < 10), high

temperatures, simple deformation, largely mono-phase
samples. Rock mechanics data allow only for assessment
of general form of rheology laws, their sensitivities, and
relative strengths of different kinds of rocks. Their extrap-
olation to geodynamic scales (t> 106 years, l� 1,000 km,
_e < 10�14 s�1; e > 100, cold temperatures, aggregate
rocks) needs re-parameterization and validation using
real-scale observations and models.

Interpretation of short-term data (seismic, satellite
geodesy, INSAR) is not straightforward. In particular,
interpretation of intraplate seismicity (see entry Seismicity,
Intraplate) and post-seismic relaxation data is questioned
due to the lack of evidence that mechanisms of this
short-term deformation can be physically linked to those
of long-term deformation.

Observations of flexural behavior and effective
long-term strength of the lithosphere
Observations of regional isostatic compensation (e.g.,
Watts, 2001; see entry Isostasy) have shown that the litho-
sphere has substantial long-term elastic rigidity that
allows for transferring and maintaining intraplate stress
levels (10 MPa–1 GPa) over geodynamic time spans
(>several Myrs). Studies of gravity anomalies observed
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over mountain ranges and subduction zones have demon-
strated that lithospheric plates bend like thin elastic plates
of finite stiffness in response to tectonic, topography, and
sedimentary loads. With improvement of geophysical
measurement techniques during the second half of twenti-
eth century, multiple studies (specifically, forward flexural
models) have produced robust estimates of flexural rigid-
ity, D, and equivalent elastic thickness, Te, of lithospheric
plates. These data arguably present a major source
of information on the long-term mechanical properties
of lithosphere. Flexural studies reveal strong variations
of lithosphere strength, from near zero at ocean ridges
to 100–150 km thick quasi-elastic cores detected within
old and cold cratons (Burov and Diament, 1995;
Kirby and Swain, 2009). In flexural models of regional
isostatic compensation (Watts, 2001), D is varied until
the model-predicted basement or Moho topography
provides optimal fit to observations. Gravity data (see
entry Gravity Anomalies, Interpretation) are used when
basement topography is hidden (e.g., by sediments) or
not representative of flexure (e.g., modified by erosion).
The most robust gravity models are forward models.
Inverse models are widespread due to the ability to cover
large zones, but their results are more sensible to errors
and should be cross-checked with forward models. For
example, if not properly formulated, gravity admittance
techniques may generate spurious results in continents
(e.g., Kirby and Swain, 2009).

D provides a direct measure for the integrated long-
term strength of the lithosphere and is linked to the
equivalent elastic thickness of the lithosphere,
Te : D ¼ E Te3 12 1� n2ð Þð Þ�1

, where E and n are Young’s
modulus and Poisson’s ratio, respectively. Plate bending
or flexure is characterized by its vertical deflection, w(x)
and local radius of curvature, Rx(x) or curvature,
KðxÞ ¼ �R�1

x ¼ @2w
�
@x2 (Figure 1). The flexural equa-

tion, when expressed using bending moment Mx(x) is rhe-
ology independent and is valid for all, elastic and inelastic
plates:
–V0

–M0

–Zn

x = 0

x = x0

z

x = xb

elastic plate flexure model (oceans)

exx

exx

Lithosphere, Mechanical Properties, Figure 1 Classical flexural mo
yield stress envelope (YSE) and interpretation of the equivalent elasti
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where Fx is horizontal fiber force,Dr is the density contrast
between surface and subsurface material (i.e., between
mantle density rm and topography/sediment/water density
rc), h(x) is topography elevation, and p(x) is additional sur-
face or subsurface load. The elasticity is used just as sim-
plest rheological interpretation of bending strength: elastic
bending stress is linear function of curvature and depth:
sxx x; zð Þ � 0:5Te � zð ÞEK 1� n2ð Þ�1

. Te is thus effective
parameter and should not be automatically related to any
real layer within the lithosphere. For inelastic plates, Te
and D have a sense of “condensed” plate strength and are
direct proxies for the long-term integrated strength, B, of
the lithosphere (Watts, 2001). For example, for a single-
layer oceanic plate (Te ¼ Te ocean; Figure 1):
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where sxx
f is brittle-elastic-ductile bending stress (Burov

and Diament, 1995); Te is usually much smaller than
Ts
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hm.Mx and, hence, D can be obtained from depth integra-
tion of sxx

f. D and Te may spatially vary due to their
dependence on local bending that leads to localized plate
weakening (called plastic or ductile hinging) in the areas
of utmost flexure, for example, near subduction zones or
below mountains and islands.

Rheological properties of lithosphere according
to rock mechanics data
The long-term mechanical behavior of rocks is
represented by extended Maxwell solid, in which total
strain increment equals a sum of elastic, viscous (ductile),
and plastic (brittle) increments while the elastic, viscous,
and plastic stresses are mutually equal. The weakest rheo-
logical term thus defines the effective behavior of this
solid. Goetze and Evans (1979) used Maxwell solid and
rock mechanics data to introduce the yield stress envelope
(YSE) of the lithosphere (Figures 1 and 2). This approach
consists in predicting, for a representative background
strain rate and depth–pressure–temperature profile, the
maximal yield strength DsmaxðzÞ as function of depth, z.
If elastic differential stress estimate DseðzÞ < DsmaxðzÞ,
the deformation is elastic and differential stress
DsðzÞ ¼ DseðzÞ: IfDseðzÞ 	 DsmaxðzÞ, then DsðzÞ ¼
DsmaxðzÞ and the deformation is brittle or ductile
depending on z.

Elastic properties
The elastic behavior is described by linear Hooke’s law:

sij ¼ leiidij þ 2Geij (3)
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envelopes (YSEs) as function of thermotectonic age for oceans and c
or GBS law instead of Byerlee’s law. For continents, variations in cru
Sandwich, Jelly Sandwich, and more rare Crème Brûlée. After Burov
where l and G are Lame’s constants. Repeating indexes
mean summation, d is Kronecker’s operator. For most
rocks l � G ¼ 30 GPa (Turcotte and Schubert, 2002).

Brittle-plastic properties
Brittle resistance, t, is a linear function of normal stress,
sn and, that is, of pressure (Byerlee, 1978):

t ¼ 0:85sn; sn 
 200 MPa (4)

t ¼ 50 MPaþ 0:6sn; 1; 700 MPa > sn > 200 MPa
Byerlee’s law is equivalent of Mohr-Coulomb

(Coulomb-Navier) plastic failure criterion (e.g., Burov,
2007):

t ¼ C0 þ tan fð Þsn (5)

where C0 is cohesive strength (<20 MPa) and f is the
internal friction angle (30–33�).

The Griffith criterion extends (5) to pure tensile
domain:

t2 ¼ 4T2
0 þ 4T0sn (6)

where T0 = C0/2 is tension cut-off.

Viscous-ductile properties
Effective viscosity of the lithosphere varies from 1019 Pa s
at the lithosphere–asthenosphere boundary to >1026 Pa s
in cold mantle near Moho depth. Several ductile mecha-
nisms such as diffusion creep, grain boundary sliding
(GBS), pressure solution, and cataclastic flow may play
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important role at appropriate conditions, but the leading
part belongs to the dislocation creep (Kohlstedt et al.,
1995):

_ed ¼ AfwDsn exp �H RTð Þ�1
	 


for Ds < 200 MPa Power lawð Þ
(7)

d
�� �2.	 

_e ¼ Afw exp �H 1� Ds sp RT

for Ds > 200 MPa Harper � Dorn lawð Þ
where _ed is shear strain rate, A is material constant, n
is power law constant, fw is water fugacity factor, Ds is dif-
ferential stress, R is universal gas constant, H = Q + PV is
creep activation enthalpy, Q is activation energy (100–
600 kJ/mol), P is pressure, V is activation volume, T is tem-
perature inK. sp is Peierls-like stress (sp� several GPa). For
tectonically relevant Ds/sp ratios (<0.1), Harper-Dorn’s
flow refers to Peierls plasticity that limits rock strength in
high stress regime. Dislocation creep is strongly nonlinear
non-Newtonian viscous flow (n � 2–4).

The second most important deformation mechanism,
low-stress diffusion creep (Nabarro-Herring, Coble),
results from directional diffusivity of rocks under applied
stress (Kohlstedt et al., 1995):

_ed ¼ Aa�mfwDsn exp �H RTð Þ�1
	 


(8)

where a is grain size and m is diffusion constant. For oliv-
ine, m � 3 and n � 1 and the constitutive law is linear
Newtonian.

The Peierls super-plasticity is likely to replace
Byerlee’s law in the mantle below 30–40 km depth
(Kameyama et al., 1999), that is, at high confining
0

20

40

D
ep

th
 [k

m
]

80

Seamounts
Trenches
Fracture zones
Mid-ocean ridges and deltas

0 100

Te oceans

Time (age) [Myr]

200

500° 1

1
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of the lithosphere, compared to depth of geotherms of 500 and 70
continental lithosphere (Burov and Diament, 1995; Watts, 2001; see
lithosphere is 250 km. Depending on assumed thermal thickness an
up or down by up to 25%. In continents, crust-mantle decoupling l
mechanical base at 700�C. This explains occasional correlation of T
pressures (>1 GPa). Since Peierls plasticity includes
strong water-weakening H ¼ Qþ p V � bDVwð Þð Þ,
where DVw is molar volume change due to incorporation
of hydroxyl ions in the main rock and b is experimental
parameter, it may play an important role in localization
of deformation in subduction zones. This role may be
shared with GBS creep, which might be responsible
for aseismic localization of deformation in the litho-
sphere mantle.
Mechanical properties of oceanic lithosphere
versus continental lithosphere
Due to its temperature dependence, ductile strength limits
the depth to the base of mechanical lithosphere, hm, to that
of the isotherm 500–600�C in oceans and 700–800�C
in continents (in continents, higher pressure for given
temperature increases yield strength via the H term in
Equation 7).

Oceanic YSEs (0 < Te < 50–70 km) derived from
(3) to (8) predict brittle seismogenic behavior in the
upper parts of lithosphere, where depth of brittle-ductile
transition, BDT, varies from few km near ridges to
40 km near subduction zones (Figures 2 and 3). The com-
petent domains below the elastic core are dominated by
aseismic ductile creep, where important ductile strength
is preserved down to the depths of 80–100 km near sub-
duction zones.

Continental YSEs (0–5 < Te < 150 km) reflect strong
rheological stratification between the upper, intermediate,
lower crust and mantle lithosphere (Figures 2 and 3).
There might be several BDT depths, typically at 15–25
and 30–45 km (Watts and Burov, 2003; Burov, 2007,
2010). The depth to the mechanical bottom of strong
ductile lithosphere may vary from 30 to 200 km.
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Te estimates (Figure 3) reveal important difference
between the mechanical properties of oceanic and conti-
nental lithosphere. In oceans, Te (<70 km) follows the
geotherm of 500 � 100�C and correlates with age. It fits
into the mechanically competent core (Figure 1).

In continents, maximal Te values in cratons are
110–150 km, while Te distribution reveals complex
“bimodal” behavior (clustering around 25–30 and
70 km), which does not allow for geometrical interpreta-
tion of Te. This complexity is explained by rheological
stratification of continental plates, specifically of their
35–70 km thick crust (see entry Lithosphere, Continen-
tal). Continental plates consist of several layers of
contrasting strength (upper, lower, intermediate crust,
mantle) that can be mechanically coupled or uncoupled.
For plates younger than 200–400 Ma, Te grows with age
yet exhibiting large scatter of values between 0 and
70 km. Older plates (>500–700Ma) are in stationary ther-
mal regime; the age dependence of Te is expectedly small,
but Te scatter is still strong revealing influence of factors
other than thermal age. Using rock mechanics data
(Figure 4), it can be shown that continental Te should be
strongly controlled by the crustal thickness and mechani-
cal state of crust-mantle interface (Burov and Diament,
1995). When the lower crust is mechanically strong, crust
and mantle are mechanically coupled yielding a single
strong layer with high Te:

Te � h1 þ h2 . . . ¼
X
n

hi (9)

where hi are thicknesses of crustal and mantle competent
layers. Mechanical decoupling between crust and mantle
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leads to structural weakening, that is, dramatically smaller
Te (Burov and Diament, 1995):

Te� h31þh32 . . .
� �1=3 ¼

ffiffiffiffiffiffiffiffiffiffiffiffiX
n

h3i3

r
�max hið Þ<

X
n

hi

(10)

“Decoupled” T roughly equals to the mechanical
e
thickness of strongest layer in the lithosphere. In particu-
lar, Te 	 hc (hc is crustal thickness) identifies mantle as
the strongest layer. Based on Te data it has been shown
that continental crust is systematically mechanically
decoupled from mantle, except for cratons, and that man-
tle lithosphere is generally stronger or at least as strong as
the crust (Burov and Diament, 1995). Numerical thermo-
mechanical models have later confirmed these assertions
(e.g., Burov, 2007, 2010).

Mechanical properties of the lithosphere and four
modes of horizontal deformation
In addition to flexure under normal loads, four modes of
lithosphere deformation and their combinations can
develop under extensional or compressional conditions:
(1) pure shear (extension: McKenzie rifting model; com-
pression: plate collision), (2) simple shear (extension:
Wernicke rifting model; compression: subduction), (3) ten-
sional/compressional instability (extension: boudinage;
compression: folding-buckling), and (4) gravitationally
instable pure shear (slow passive margins, Rayleigh-
Taylor instabilities due to thickening of a colder and thus
denser lithosphere mantle overlying hotter and thus lighter
asthenosphere). Ductile properties largely control these
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deformation modes, including brittle fault spacing
observed at surface (e.g., slow oceanic spreading centers
vs. fast spreading centers). Brittle properties play an
important role as well, specifically in localization of small
and large-scale deformation, dyking, stabilization of cra-
tons, transmission of tectonic stresses, and seismicity.
Some of brittle mechanisms such as low-angle faulting,
localization of large-scale strike-slip or transform faults
and large-scale dyke propagation remain enigmatic.

Rheological stratification of continents is likely to
influence the response of the lithosphere in all deforma-
tion modes. Crust-mantle coupling results in formation
of narrow deep rifts while decoupling at different crustal
levels may produce a variety of basins, from shallow large
basins to narrow rifts. Under compression, crust-mantle
decoupling plays a major role for continental subduction,
UHP rock exhumation, slab detachment, formation of pla-
teaus, or lithosphere folding. Lateral lower crustal flow is
believed to be one of the key mechanisms affecting oro-
genic building and rift/passive margin formation or assur-
ing feedback between surface and subsurface processes.
For mantle-continental lithosphere interactions, such as
plume impingement, the presence of ductile lower crust
results in damping of the long-wavelength dynamic topog-
raphy at surface, which is replaced by short-wavelength
tectonic-scale deformation.
Uncertainties of data on the mechanical
properties of the lithosphere
Te studies play a key role in interpretation of rock mechan-
ics data, allowing for parameterization of laboratory-
based flow laws to geological time and spatial scales.
Indeed, due to the large differences between time (10
orders) and spatial scales (6 orders) of the laboratory
experiments and nature, rock mechanics data cannot be
solely used to quantify the long-term mechanical proper-
ties of the lithosphere. Yet, since the integrated strength
B of the lithosphere is directly related to Te, one can use
inelastic flexural models in combination with rock
mechanics data (Equations 1–10) to constrain, parameter-
ize, and validate rheology parameters for geological time-
scales. In particular, one can derive YSEs that are
compatible with the host of different observations such
as Te, heat flow, seismic imagery, gravity, and so on. There
is generally a good correlation between the observed Te
and Te predicted from experimental YSE (Watts, 2001,
Figure 4). In oceans, Te values scale well with rock
mechanics data and thermal models of the lithosphere
(e.g., McNutt and Menard, 1982, Figure 3). In continents,
Te rheology parameterization is delicate but can be done if
one respects the physics of underlying processes (Burov
and Diament, 1995; Burov, 2010). Three types of rheolog-
ical envelopes can be proposed for continental litho-
sphere: Cratonic Jelly Sandwich, Jelly Sandwich, Crème
brûlée (with its variant hydrated Banana Split rheology)
(Watts and Burov, 2003; Burov, 2010, Figure 2). The first
two types evoke strong mantle lithosphere that can be
either mechanically coupled with the crust (Cratonic type)
or decoupled from it by weak lower or intermediate crustal
layer (pure Jelly Sandwich). These first two rheologies
dominate and correspond to 80–90% of all cases, as con-
firmed by matching Te predicted from YSEs with the
observed Te and mechanical models. The Crème brûlée
rheology infers weak lithosphere mantle, and applies to
few cases of hot lithospheres (e.g., Basins and Range
Province).

Mechanical properties of the lithosphere and
styles of tectonic deformation
Important constraints on lithosphere rheology and proper-
ties come from physical considerations including thermo-
mechanical numerical models of geodynamic processes.
One can verify the validity of rheological assumptions
by comparing predictions of thermo-mechanical models
based on these assumptions with the observed tectonic
evolution in various contexts such as collision and moun-
tain belts (Figure 5), rifts and passive margins, and sub-
duction zones and lithosphere folding. The analytical
and numerical thermo-mechanical models of geological
processes show that predicted evolution is highly sensitive
to rheology choices (Figure 5). It has been demonstrated
that in most cases mantle lithosphere has to be rheologi-
cally strong to insure stability of geological structures
and the observed styles of deformation. In particular, sta-
bility of mountain ranges, continental subduction (e.g.,
Figure 5, Burov, 2010) and most observed rifting modes
(Buck, 1991; Bassi, 1995) need initially strong mantle
lithosphere with mechanical thickness of the mantle part
more than 30–50 km. Collision models (Figure 5) quan-
tify relationships between the collision styles and deep
lithosphere structure and rheology. They show that tec-
tonic evolution depends not only on the integrated
strength (Te) but as much on strength distribution with
depth, that is, on which particular lithological layer (upper
crust, lower crust, or mantle lithosphere) provides main
contribution to Te. Rift models show that narrow rifts
are associated with initially strong mantle lithosphere,
while metamorphic core complexes “need” warm litho-
spheres with negligible mantle strength. Wavelengths of
boudinage and deca-kilometric upper crustal fault spacing
observed in rift zones also appear to be a direct function of
the ductile properties of the underlying lower crust. In
compressional settings, observed folding wavelengths
provide constraints on plate rheology since these wave-
lengths (50–1,000 km) are proportional to 5–10 times
thickness of competent layers in the lithosphere and corre-
late with Te values (e.g., Burov, 2007).

Links between different timescales: Burger’s
rheology model
The abundance of short-timescale observations such
as earthquake distributions or post-seismic relaxation
explains attempts to interpret these data in terms of long-
term rheology. Yet, these attempts are typically based on
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misinterpretation of Goetze’s YSEs that are valid only for
geodynamic strain rates. Earthquakes and relaxation occur
at locally and temporarily high strain rates that are not rep-
resentative of long-term rates. Hence, the fact that conti-
nental lithosphere below Moho depth is mainly aseismic
cannot be interpreted as a sign of weak ductile behavior
(Figure 4). It rather indicates that either mantle stress
levels are insufficient to induce brittle sliding, or that
seismogenic Byerlee’s law does not operate at high pres-
sure (>36–70 km depth), or that the frictional behavior
is strain-rate dependent. At seismic strain rates (1016 times
higher than geodynamic strain rates), the entire litho-
sphere acts as a brittle-elastic body and no ductile flow
can occur. Strictly speaking, Te and maximal seismogenic
depth Ts should rather anti-correlate (Watts and Burov,
2003, Figure 4). However, Ts cannot be used to constrain
Te without knowing intraplate stress level. The fact that
Ts distributions in oceans and continents are similar, while
their rheological and mineralogical structures are differ-
ent, adds to the argument that seismicity is primarily
related to stress levels.

Post-seismic relaxation data provide controversial
results yielding effective viscosities of deforming
domains about 1–2 orders of magnitude smaller than
postglacial rebound data that provide minimal viscos-
ity (1019 to 5 � 1019 Pa s) of the Earth’s weakest
layer – asthenosphere. Since these estimates are based
on inversion of surface deformation, they strongly
depend on initial assumptions on lithosphere structure
and properties, while it is impossible to determine which
layer in the lithosphere relaxes post-seismic deformation.
Nevertheless, whatever is this layer, the estimated
viscosities appear too low for long-term properties. To
explain this controversy, one can consider Burger’s
model of solids. According to this model, lithospheric
behavior is described by two independent serially
connected terms, one of which isKelvin solid responsible
for the primary creep (seismic, post-seismic) and the sec-
ond one isMaxwell solid responsible for secondary long-
term creep (geodynamic timescale). The viscosity of the
first term is independent of that of the second term. In
other words, the physics of deformation mechanisms
activated at seismic-scale strain rates is different from
that of the mechanisms acting at geodynamic strain rates.

Summary
Lithosphere has important long-term ductile, elastic, and
brittle-plastic strength and is capable of maintaining (not
relaxing) differential stresses at geological timescales.
These properties can be accessed mainly from estimates
of the equivalent elastic thickness, Te, combined with rock
mechanics data, validated by analytical and numerical
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thermo-mechanical models of geological and geodynamic
processes. In oceans, Te fits in the mechanical core of the
lithosphere, but in continents, it generally does not repre-
sent any particular layer due to strong rheological stratifi-
cation. The brittle-plastic properties of the lithosphere are
governed by Byerlee’s law to 30–40 km depth and likely
by Peierls plasticity and/or GBS creep below. The ductile
properties are dominated by dislocation power-law creep,
which is strongly nonlinear and rock-type dependent.
Highest integrated strength (Te � 100–150 km) is
detected in cratons (Cratonic Jelly Sandwich rheology)
where strong crust is mechanically coupled with strong
mantle. In warmer continental lithospheres, mechanical
decoupling between crust and mantle leads to structural
weakening resulting in �50% reduction of Te (Jelly Sand-
wich rheology). In most cases, mantle lithosphere pro-
vides main contribution to the integrated plate strength.
The cases where mantle is weaker than crust (Crème-
Brûlée rheology) refer to hot lithospheres such as meta-
morphic core complexes. There is probably no exploitable
link between short-term deformation such as earthquake
data or post-seismic relaxation and long-term properties
of the lithosphere.
Bibliography
Bassi, G., 1995. Relative importance of strain rate and rheology for

the mode of continental extension.Geophysical Journal Interna-
tional, 122, 195–210.

Buck,W. R., 1991.Modes of continental extension. Journal of Geo-
physical Research, 96, 20161–20178.

Burov, E. B., 2007. Plate rheology and mechanics. In Schubert, G.
(ed.), Treatise on Geophysics, Vol. 6: Crust and Lithosphere
Dynamics, 99(152), 611 pp. (Vol. ed.: Watts, A.B.). Elsevier:
Amsterdam. TOGP00102. ISBN:978-0-444-51928-3.

Burov, E., 2010. The equivalent elastic thickness (Te), seismicity
and the long-term rheology of continental lithosphere: time to
burn-out “crème brûlée”? Insights from large-scale geodynamic
modeling. Tectonophysics, 484, 4–26.

Burov, E. B., and Diament, M., 1995. The effective elastic thickness
(Te) of continental lithosphere: what does it really mean? Journal
of Geophysical Research, 100, 3895–3904.

Byerlee, J. D., 1978. Friction of rocks. Pure and Applied Geophys-
ics, 116, 615–626.

Goetze, C., and Evans, B., 1979. Stress and temperature in the bend-
ing lithosphere as constrained by experimental rock mechanics.
Geophysical Journal of the Royal Astronomical Society, 59,
463–478.

Kameyama, M., Yuen, D., and Karato, S.-I., 1999. Thermal-
mechanical effects of low-temperature plasticity (the Peierls
mechanism) on the deformation of a viscoelastic shear zone.
Earth and Planetary Science Letters, 168, 159–172.

Kirby, J. F., and Swain, C. J., 2009. A reassessment of spectral Te
estimation in continental interiors: the case of North America.
Journal of Geophysical Research, 114, B08401, doi:10.1029/
2009JB006356.

Kohlstedt, D. L., Evans, B., and Mackwell, S. J., 1995. Strength of
the lithosphere: constraints imposed by laboratory experiments.
Journal of Geophysical Research, 100, 17587–17602.

McNutt, M. K., and Menard, H. W., 1982. Constraints on yield
strength in the oceanic lithosphere derived from observations
of flexure. Geophysical Journal of the Royal Astronomical Soci-
ety, 71, 363–395.
Schmeling, H., Babeyko,A.Y., Enns,A., Faccenna, C., Funiciello, F.,
Gerya, T., Golabek, C. J., Grigull, S., Kaus, B. J. P., Morra, G.,
Schmalholz, S. M., and van Hunen, J., 2008. A benchmark com-
parison of spontaneous subductionmodels– toward a free surface.
Physics of the Earth and Planetary Interiors, 171, 198–223.

Turcotte, D. L., and Schubert, G., 2002. Geodynamics. Cambridge:
Cambridge University Press, 456 pp.

Watts, A. B., 2001. Isostasy and Flexure of the Lithosphere.
Cambridge: Cambridge University Press, 458 pp.

Watts, A. B., and Burov, E., 2003. Lithospheric strength and its rela-
tionship to the elastic and seismogenic layer thickness. Earth
and Planetary Science Letters, 213, 113–131.

Cross-references
Earth’s Structure, Global
Gravity Anomalies, Interpretation
Isostasy
Lithosphere, Continental
Lithosphere, Continental: Thermal Structure
Lithosphere, Oceanic: Thermal Structure
Seismicity, Intraplate
LITHOSPHERE, OCEANIC

James McClain
Department of Geology, University of California,
Davis, CA, USA

Definition and introduction
The term “lithosphere” is used or defined in a variety of
formal and informal ways. All are fundamentally linked
to a comparison of near-surface (lithosphere) mechanical
and/or thermal properties with those properties deeper in
the Earth (the asthenosphere). And all are linked to the
concept of a thermal boundary layer between the bulk of
the Earth and its atmosphere/ocean above. In this entry,
we deal with the oceanic lithosphere, and we will define
it as that part of the oceanic crust and the uppermost man-
tle that is usually created at mid-ocean spreading centers
and that generally is consumed in subduction zones. For
space purposes, we will specifically exclude oceanic
sediments, island or continental arcs, and continental
margins.

The ocean lithosphere is generally considered the outer
carapace of the Earth that is cool, with an elastic rheology,
and exhibiting brittle failure (e.g., failure by earthquake).
This contrasts with the asthenosphere, which exhibits vis-
cous rheology and higher temperatures. The concept of
lithosphere was first developed in 1914 by Barrell
(1914), who realized that the outer part of the Earth must
be able to support tectonic loads over geological time-
scales. Since that time, workers additionally have defined
the lithosphere in terms of plates that move coherently in
plate tectonics. Alternatively, the oceanic lithosphere
may be defined as the relatively high velocity or low atten-
uation “seismic lid,” or as that part of the earth that can
sustain earthquakes. These various definitions are not



702 LITHOSPHERE, OCEANIC
necessarily mutually exclusive, but it is important to con-
sider how the term lithosphere is used (Figure 1).
The uppermost mantle lithosphere
The mantle component of the lithosphere is composed of
peridotite, and the thermomechanical transition from lith-
osphere to asthenosphere is defined on the basis of the data
used to detect that transition. Many have used the seismic
low-velocity zone often inferred for the upper mantle as
the essential (e.g., Forsyth, 1977; Nishimura and Forsyth,
1989). Typically exploiting surface wave observations,
these studies have been very useful in defining variations
in lithospheric thickness.

Another approach to estimating lithospheric thickness
is derived from observations of the response of the
Intraplate earthquakes d
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Lithosphere, Oceanic, Figure 1 Different observables are used to c
component. (a) Observed heat flow data (in red) averaged in 2-milli
a conductively cooled half space (in green). Heat flow is too low an
(hydrothermal circulation) cooling must be taking place. (b) Observ
a conductively cooled half space (in green). Depths are too shallow
is being supplied from below. (c) Plot of earthquakes depths and e
a half-space model.
lithosphere to tectonic loading (e.g., Calmant et al.,
1990). Specifically, the addition of a large seamount or
island should cause the lithosphere (including the sea-
floor) to deflect downward as the load is accommodated
by the asthenosphere. The amount of deflection or flexure,
and the regional distribution of the deflection, can be con-
sidered a function of the thickness of the strong litho-
spheric plate. The topography of the seafloor around
a seamount can be used to calculate this “effective thick-
ness.”A compilation of thicknesses is shown in Figure 1c,
and reveals the thickness of the lithosphere coincides with
isotherms between 400�C and 600�C in the mantle. Simi-
lar values for lithospheric thickness are obtained if one
uses the depths of intraplate earthquakes, which presum-
ably are indicators of brittle failure confined to the litho-
sphere (Wiens and Stein, 1983) see (Figure 1c).
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Regardless of the thermomechanical observable used,
the lithosphere is observed to thicken with age as it spreads
away from the mid-ocean ridges, a result of cooling of the
mantle. Independent evidence for this cooling is the pro-
gressive deepening of the oceans with age, and the coinci-
dent decrease in heat flow. Simple, conductively cooled,
half-space models (e.g., Davis and Lister, 1974) yield a pre-
diction that depthmust increase linearlywith the square root
of age (t1/2), and heat flow must decrease proportionally
with the one over the square root of age (t�1/2) (see Figure 1a
and b, modified from Stein and Stein, 1992).

Even the earliest studies pointed out that heat flow and
depth data did not perfectly fit the half-space model.
Parsons and Sclater (1977) and Stein and Stein (1992)
made detailed analysis of the global compilations of depth
and heat flow measurements. They document that, at great
ages (e.g., >80 Ma), the seafloor is too shallow, and heat
flow values are too high compared to predictions
(Figure 1a and b). They point out that a plate model, where
heating from below restricts continued cooling of the plate
would explain the discrepancy. The source of this heating
could be small-scale convection in the asthenosphere below
the plate, radioactive decay in themantle, ormantle plumes.
Parsons and Slater derived a plate (i.e., lithosphere) thick-
ness of 125 km at great ages. Using a larger data set and
more refined analysis, Stein and Stein (1992) achieved
a better fit for a lithosphere that thickens to 95 km. We note
these thicknesses are substantially greater than those that
would be derived from the earthquake depths and flexural
loading; this illustrates the fact that the characteristics deter-
mined for the lithosphere are obervation-dependent.

The second discrepancy of global data with the half-
space model was the fact that heat flow values were highly
scattered and substantially lower for seafloor less than
50 million years old. Using their conductively cooled
plate model, and the misfit between the predicted and
measured heat flow, Stein and Stein (1994) calculate that
some 34% of the oceans heat loss is accommodated by
hydrothermal circulation. They further conclude that
about 70% of the advective heat loss occurs in crust from
1 to 65 million years, and not through vigorous hydrother-
mal activity occurring at the mid-ocean ridges.

The crustal component of the oceanic lithosphere
The top few kilometers of lithosphere comprise the ocean
crust. To a first approximation, the crust is viewed as the
mafic member of the lithosphere, and most is generated
by magmatic, tectonic, and hydrothermal processes at the
mid-ocean ridges, andmodified by the ongoing hydrother-
mal circulation noted above. Our knowledge of the crust is
dominated by three lines of evidence, all of which provide
key constraints on the nature of oceanic lithosphere. These
include direct sampling of seafloor rocks where they are
exposed or from boreholes, seismic experiments that
reveal the seismic velocity structure of the crust, and the
study of crustal analogues exposed above sea level. These
studies led to a convergence on the so-called Penrose or
“ophiolite” model (defined below). While this model is
highly successful in its predictions about the crust and
upper mantle, the research in the last 10 years has led to
recognition, at least for some crust generated at ridges with
slow to ultraslow spreading rates, that the ophiolite models
must be revised to include newly discovered features.

Samples of crustal rocks
Ocean crustal rocks are generally recovered from near the
mid-ocean ridges before sediments have a chance to accu-
mulate on the aging seafloor. Samples are collected using
dredges and other techniques from surface ships, as well
as exploiting manned submersibles and remotely operated
vehicles (ROVs).

The vast majority of rocks recovered from the seafloor
are mafic basalts, although other types, such as gabbros
and serpentinites, are sometimes exposed at transform
faults or on rifted mid-ocean ridges. However, it is the
striking uniformity of seafloor basalts that reveal the sim-
ilarity processes that form the mantle and crustal compo-
nents of the lithosphere.

Most of the mafic rocks recovered on the mid-ocean
ridges are so-called MORBs or mid-ocean ridge basalts.
The composition of MORBs indicates that the mid-ocean
ridge basalts originate from partial melting of a depleted
upper mantle beneath the ridges. MORBs have been fur-
ther parsed into N-MORB (normal-MORB) and E-MORB
(enriched-MORB), and intermediate compositions (transi-
tional or T-MORB) have been observed. These observa-
tions generally are interpreted to indicate they originated
in a heterogeneous, but still depleted mantle source. It is
this depleted mantle that will, upon cooling with age, form
the mantle lithosphere.

An additional inference made from analysis of seafloor
basalts was that the detailed composition required partial
fractionation at shallow (i.e., lower crustal) pressures; that
is, a magma chamber exists beneath most ridge axes.

Ophiolites, ocean drilling, and the ocean crust
Ophiolite sequences have been studied for over 100 years,
and have been the source of substantial controversy. Com-
plete ophiolites see (Figure 2) include a coherent stratigra-
phy extending from submarine lava flows into sheeted
dikes, the latter representing the feeders for the lava flows.
Beneath the sheeted dikes are gabbros, often divided
between isotropic gabbros (no preferred fabric) at the top,
and layered (cumulate) gabbros at the base. Gabbros repre-
sent the frozen magma chamber, originally inferred from
the composition of MORB. Beneath the gabbros are ultra-
mafic peridotites (inferred to be the mantle), varying
between harzburgites, lherzolites, and dunites. In general,
the peridotites are serpentinized to a greater or lesser extent,
but is unclear whether the serpentinization occurs during
emplacement and uplift onto land, or on the seafloor.

Early on, ophiolites were thought to originate as ocean
crust and uppermost mantle, and to have been thrust up on
land by convergent processes (see Moores, 1982). Sub-
stantial debate centered on whether particular ophiolites
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originated in arc or backarc settings, or whether some may
have originated on mid-ocean ridges. Regardless of the
origin of any particular ophiolite, it is clear that ophiolites
provide an important analog for ocean crust generated on
mid-ocean ridges. The presence of sheeted dikes to deliver
magma from a crustal magma chamber, and the presence
of gabbros originating from the freezing of the chamber,
leads to a model that is consistent with petrologic models
that originate from seafloor sampling.

The Ocean Drilling Project, and its predecessor Deep
Sea Drilling Project and successor the Integrated Ocean
Drilling Project, also provide support for the “ophiolite”
model. In particular, drilling results in the Costa Rican rift
(Hole 504b) and off southern Mexico (Hole 1257) have
penetrated through the seafloor lavas and into the sheeted
dikes. For the latter site, gabbros, intercalated with sheeted
dikes have been reached at the base of the sheeted dike
column (see Figure 2).
Seismic studies of the ocean crust
Except for studies of subareal ophiolites, rare exposures
on the seafloor, and a few deep drilling efforts, seismic
studies provide the only information about the ocean crust
below the seafloor. The information they reveal about the
structure and seismic velocities in the subsurface leads to
inferences about the petrology of the upper mantle and
crust.

After WorldWar II, marine institutions began to exploit
the seismic refraction technique to explore the Earth
beneath the sea. These experiments usually yielded
compressional or P-wave seismic velocities, although
converted shear waves were sometimes observed. In
these early studies, theoretical and computational tools
necessarily restricted models to laterally homogeneous
structures, and a consistent four-layer model for the sedi-
ments, crust, and mantle was developed (e.g., Shor et al.,
1969). The first layer was that of sediments, with
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velocities averaging about 2 km/s. Beneath that was
“Layer 2,” and because the seafloor was known to reveal
lavas in unsedimented areas, it was expected that Layer
2 was the “volcanic layer.” The thickest part of the oceanic
crust is “Layer 3,” with velocities of about 6.8–7.2 km/s
and thicknesses on the order of 2–4 km. The lithology of
Layer 3, also known as the “oceanic layer,” has been
controversial, with some workers preferring a gabbroic
composition, and others a serpentinite composition. The
former model has gained general acceptance, partly
because of the presence of gabbros in ophiolites (e.g.,
Christensen and Salisbury, 1975). Underlying Layer 3 is
Layer 4, with compressional wave velocities of about
8 km/s, and corresponds with the upper mantle. The lithol-
ogy of themantle is generally taken to be peridotite, consis-
tent with the above-mentioned models for partial melting.
Thus, the “crust” comprises Layers 2 and 3, and the bound-
ary between the crust andmantle, Layers 3 and 4, is known
as the Moho or Mohorovicic discontinuity.

With better experiments, the original four-layeredmodel
was subdivided into more finely divided structures. The
earliest refinementwas the observation of “Layer 2A.”This
was the shallowest and lowest velocity portion of the upper
crust, and the low seismic velocities were attributed to
the high porosities of basalt flows. This interpretation is
further supported by the observation that the velocities of
Layer 2A tend to increase to normal Layer 2 values and/
or that Layer 2A thins over a few million years. This was
interpreted as infilling of pores by metasomatic precipita-
tion of minerals as the crust ages (e.g., Houtz and Ewing,
1976). Such an explanation requires fluid circulation in
the crustmust continue overmillions of years after the crust
forms, consistent with recent models for the cooling of the
lithosphere mentioned above (Stein and Stein, 1994).

In the 1970s, the development of new theoretical and
computation tools allowed workers to move beyond the
simple layered models, to those that with continuously
varying, but usually vertically stratified models. As
models grew more sophisticated, it became possible to
correlate them with ophiolite structures, using both veloc-
ities and thicknesses (e.g., Christensen and Salisbury,
1975; Spudich and Orcutt, 1980; McClain, 2003). As
a result, the so-called Penrose model or “ophiolite model”
for the oceanic lithosphere has become the acceptedmodel
(Figure 2). For the crust, this led to models where Layer 2
was divided into an upper zone in with relatively low
velocities (Layer 2A), underlain by a high velocity gradi-
ent extending to Layer 3. The high-gradient zone, some-
times labeled Layer 2B, was attributed to a decrease in
crustal porosity, and is correlated with the transition to
sheeted dikes of the ophiolite model.

The same experiments revealed a slight inflection in
seismic velocities at mid crustal levels, and often seismic
velocities at mid crustal levels only reach “Layer 3” values
beneath that inflection see (Figure 2). This inflection is
not always observed, because it is obscured in the data,
or because of the analysis techniques used, or because
the change in velocity is too gradual. In the latter case,
Layer 3 is often interpreted to be at the base of the high-
gradient zone. The origin of this slight transition was
(and is) attributed either to a metamorphic boundary
between lower and higher grade metamorphic changes in
lithology, a reduction in residual porosity, or to a transition
from diabase dikes to the gabbros in the lower crust. For
the drilling results for hole 504B (Figure 2), the velocity
boundary was imaged seismically, and then successfully
drilled within the sheeted dikes. In that case, it appears
the boundary corresponds to a change in metamorphic
grade and/or a change in porosity. These explanations
are not necessarily mutually exclusive; the penetration of
metasomatic fluids requires some porosity, and gabbros
in ophiolites typically reveal little or no alteration or relict
porosity in comparison to the overlying sheeted dikes.

Finally, the Moho is more gradational in these refined
models, and the mantle velocities are well correlated with
those expected for peridotites. While the velocity differ-
ence between a gabbro and peridotite is large, the apparent,
more gradual observed change is most likely because the
transition is gradual, with laterally heterogeneous and
interleaved gabbros and peridodtites at the Moho.
The mid-ocean ridges
The ocean crust is generated by a complex interaction of
magmatic, tectonic, and hydrothermal processes that take
place at the mid-ocean ridges where seafloor spreading
occurs. As a result, the majority of seismic experiments
over the last 2–3 decades have focused on the tectonic
plate boundaries, with particular attention on the ridges.
Interpretation of the data from these experiments required
models that allowed for two- or three-dimensional struc-
ture, rather than the laterally homogenous models from
earlier. Early ray-tracing techniques have given way to
more robust tomographic inversion. In addition, the
development of longer seismic hydrophone streamers
and new processing algorithms now permits detection of
subbasement (crustal and upper mantle) reflections using
multichannel reflection experiments.

One of the critical controversies about the structures
beneath oceanic spreading centers was the presence of
a seismically resolvable axial magma chambers (AMC).
As stated above, petrologic data seemed to require some
sort of magma chamber in the lower crust, and the
ophiolite model includes a thick gabbro layer. However,
models resulting from seismic surveys were equivocal,
with some revealing crustal AMC (e.g., Orcutt et al.,
1975) and some not (e.g., Bratt and Solomon, 1984).
McClain et al. (1985) were able to provide convincing evi-
dence for a narrow magma chamber on the East Pacific
Rise at 13� north. The seismic velocity required for the
chamber was 4.5 km/s, suggesting a partial melt rather
than a pure magma. Further evidence for the resolved
AMC was found in an extensive tomographic experiment
on the East Pacific Rise at 9�300N (Toomey et al., 1990).

For fast-spreading ridges, the question of magma
chamber presence was largely resolved when a large
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multichannel experiment was conducted along the north-
ern East Pacific Rise (e.g., Detrick et al., 1987). Using
the long hydrophone streamers, researchers were able to
resolve reflections from the base of Layer 2A, as well as
the Moho. However, most striking was the presence of
a reflection at mid-crustal levels along most of the length
of the ridge. Analysis of the reflection amplitude and the
change in the sign of the reflection requires that the reflec-
tion result from a sudden decrease in seismic velocity. The
explanation for this velocity inversion was the presence of
an axial magma chamber. Furthermore, the large ampli-
tudes of the reflections require a rather low velocity com-
pared to models obtained from refraction experiments.
This suggests that reflections result from pure or nearly
pure melt sills. The discrepancy results because refraction
experiments do not resolve the sills, and instead image an
average structure made up of the sills and partial melt
zones. Early models have suggested these sills form at
the top of the magma chamber, and may be responsible
for the isotropic gabbros observed in some ophiolites.
The larger partial melt zones would form the cumulate
gabbros that make up the bulk of the lower crust.

Subsequent to the initial experiment of Detrick and
others (1987), similar magma reflections have been
imaged on other segments of the fast or ultrafast spreading
East Pacific Rise (e.g., Detrick et al., 1993; Singh et al.,
2006) as well as ridges with intermediate spreading rates
(e.g., Canales et al., 2009). Most studies suggest that the
crustal AMC is generally narrow, the result of vigorous
hydrothermal cooling. However, recent studies also have
revealed that melt sills are sometimes distributed in depth
and laterally.
Hydrothermal activity
One of the most spectacular discoveries in the annals of
earth science was the observation of vigorous hydrother-
mal circulation at the spreading centers (e.g., Corliss
et al., 1979). While the presence of hydrothermal circula-
tion was not surprising, the exceptionally high tempera-
tures, the deposition of hydrothermal minerals, and
a vigorous chemosynthetic biological community were
a major breakthrough in the study of mid-ocean ridges. It
is clear that the chemical, biological, and geological con-
tribution of these vents is present throughout the world’s
oceans. Thus far, over 200 hydrothermal vent fields have
been discovered, and as many as 1,000 may lie on the
world’s mid-ocean ridges (Baker and German, 2004).

Early studies suggested that a substantial portion of the
Earth’s heat was lost along the high-temperature hydro-
thermal circulation on mid-ocean ridges. More recent
analyses indicate that more heat is lost through lower tem-
perature circulation in older crust. However, it is clear that
near-axis circulation is a major component of the crust-
forming process, and their discovery has led to a new
appreciation for the interdisciplinary nature of mid-ocean
ridge science.
High-temperature venting is observed on all ridges, and
at all spreading rates. Such systems require a heat source
and a permeability structure that permits a focused flow
of fluids to the surface. For fast-spreading ridges, heat
sources are plentiful, with the presence of axial magma
chambers, and frequent eruptive events. Indeed, the nar-
rowness of the axial magma chamber requires that circula-
tion penetrate at least to the top of the chamber and/or into
the gabbros at its flanks (e.g., Lister, 1983; Morton and
Sleep, 1985). The geometry of the down-going limb of
the seawater into the crust remains uncertain. It may be
that it penetrates along axis, perhaps along faults or fis-
sures, or it may penetrate from the sides along normal
faults.

For slower spreading ridges, the heat source is unclear.
Certainly volcanic eruptions do occur, so a heat source is
present at least some of the time. However, it may be
that water also can penetrate to the deeper hot, but not
molten, rocks. The large normal faults often present on
slow-spreading ridges may accommodate this deeper
circulation.
Along-axis variations in ridge processes
and slow-spreading ridges
It has long been known that mid-ocean ridges display
a systematic variation in cross-sectional topography, vary-
ing from rifted ridges, with rift valleys of 1–2-km deep,
and to non-rifted ridges that display topographic highs.
In general, rifting is associated with slower spreading
ridges, while non-rifted ridges usually exhibit intermediate
to rapid seafloor spreading. There are a number of excep-
tions to the rule. For the Reykjanes Ridge adjacent to the
Iceland Hot Spot, the slow-spreading ridge is unrifted.
On the Galapagos Ridge, the ridge segments closest to
the hot spot there is also unrifted. For ridges spreading at
intermediate rates, both rifted and unrifted ridge segments
are observed (e.g., the Gorda and southern Juan de Fuca
Ridges), and are often separated by only a transform fault.

These observations suggest that the presence or
absence of a rift valley is more likely controlled bymagma
supply rather than spreading rate itself. On slow-spreading
ridges, the isotherms are narrowly spaced, and plunge
more steeply as the lithosphere ages. Thus, less melt
may reach the surface unless excess temperatures and
magma are supplied by a nearby mantle plume. For inter-
mediate spreading ridges, local variations in magma
supply, and perhaps along-axis flow may influence the
formation of a rift valley.

With the advent ofmulti-beam systems, it was found that
ridges are segmented on a variety of scales, with offsets
between segments also varying in character and length. In
a series of papers, a correlation between segment depths
and cross-sectional geometry was pointed out (e.g.,
Macdonald and Fox, 1988), and it was suggested that these
variations were linked to focusedmagma supply at segment
centers and subsequent magma flow along axis to the
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segment ends. It is logical to assume that the magma supply
would be tied to the resulting crustal structure and thick-
ness, with thicker crust at the segment centers. The seismic
reflection results of Detrick et al. (1987) seemed to support
that linkage. However, the inferred correlation of ridge
topographywith crustal thickness has been called into ques-
tion for fast-spreading ridges by a series of seismic experi-
ments (e.g., Barth and Mutter, 1996; Kent et al., 2000).

Chen (1992) made a global study of crustal thicknesses,
and found very little correlation or variation in thickness
for spreading rates greater than 30 mm/year, and it appears
that segmentation does not have a major influence on
crustal thickness at these spreading rates. However, for
ridges that spread slowly, or very slowly, crustal thick-
nesses are far more variable.

With the improvement of techniques, mid-ocean ridge
researchers have been able to overcome the complexities
caused by topography on rifted ridges. For such ridges,
crustal thickness is closely tied to location along
a segment, and it is likely that magma and mafic crust pro-
duction is enhanced at segment centers (e.g., Hooft et al.,
2000). Surveys on slow-spreading ridges revealed that
gravity anomalies tended toward low values at segment
centers where the ridge axis was shallow. At the ridge-
transform intersections, the seafloor is deep, and gravity
anomalies tend to be high. These gravity “bulls eyes”were
Core complex

Detachment fault surface

Extrusive basalts

Exposed gabbro

Sheeted dikes Cumulate ga

Cumulate ultIsotropic gabbro

Lithosphere, Oceanic, Figure 3 Cartoon of rift-dominated process
faulting along a detachment fault exposes the deeper gabbros and
with the extension. Rock units are the same as those in Figure 2. Se
velocity, perhaps to crustal values. Thus, even where there are no c
shown by Tolstoy et al. (1993) to be correlated with a crust
that was thick at the segment centers compared to that
adjacent to the transforms.

It appears that thin crust exists at the intersections of
rifted ridges and transforms, where we expect the lowest
mantle temperatures, and a suppressed magma supply
(e.g., Cannat, 1996). The discovery of oceanic core
complexes, defined here as exposures of gabbro and/or
peridotite on the seafloor, provides observational support
models for “new” crustal processes at ridges with slow-
to ultraslow-spreading rates (Cann et al., 1997) see
(Figure 3). It has been recognized that the ophiolite model
may not suffice for such locations. Instead, the model must
incorporate substantial rifting that dissects the crust, and
exposes the lower crust and upper mantle (Figure 3). Thus,
magma intrusions are not continuous beneath oceanic core
complexes, and gabbros may not form a continuous layer
as it does for the ophiolite model (e.g., Canales et al.,
2008). During non-magmatic rifting phases, we would
argue that the mafic crustal thickness could be zero; that
is, the mantle comes to the seafloor. However, depending
on the depth of serpentization in the peridotites, with the
consequent decrease of velocities, the seismic crust
(velocities less than or equal to 7 km/s) may have a non-
zero apparent thickness (Figure 3). The discovery of spec-
tacular, serpentine-hosted hydrothermal circulation at
Rift valley

Exposed
     peridotite

bbro Serpentinized periodotite

ramafics Unserpentinized periodotite

es on a slow- or ultraslow-spreading ridges. Substantial normal
peridotites, as volcanic/magmatic processes cannot “keep up”
rpentinization of exposed peridotites will lower the seismic
rustal rocks, a thin seismic crust may occur.
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least one core complex confirms the importance of rifting
and serpentization on the slow- and ultraslow-spreading
ridges (Kelley et al., 2001).

Summary
The definition of lithosphere depends on the observations
one makes, which in turn depend on the thermomechanical
properties on which those observations depend. However,
the resulting characteristics are consistent. The basic fea-
tures of the oceanic lithosphere include an upper mantle
component, and it thickens with age. That thickening
depends critically on the loss of heat into the ocean, and
observations require that cooling in young lithosphere is
accommodated by hydrothermal circulation as, well as
thermal conduction. Cooling is restricted because of the
addition of heat at depths of about 95 km, and that forms
the limit for thickening beyond about 80 million years.
For ridges spreading at intermediate to fast rates, models
for the crustal component of the lithosphere have con-
verged on the Penrose, or ophiolite, model, and this crust
is most notable for its striking uniformity. This implies a
uniformity of magmatic, hydrothermal, and tectonic pro-
cesses that act to form that crust. However, recent work
on slow and ultraslow ridges shows a great deal more com-
plexity in crustal structure and the processes that form it. It
is clear we do not yet understand how models must be
changed to accommodate thesemagma-depleted processes.
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Definition
Lithosphere. The outermost shell of the Earth that is suffi-
ciently strong to support long-term geologic loads and
transmit stress. These properties are attributed to low tem-
perature and possibly composition.
Asthenosphere. The mobile layer underlying the litho-
sphere where heat transfer is dominated by convection.
Its properties are attributed to high temperature and trace
quantities of water.
Plate tectonics. Lateral motion of large intact pieces of
lithosphere (plates) carrying both continents and oceans.
Mountain building, volcanoes, and earthquakes are the
consequences of the relative motion of plates at their con-
vergent, divergent, and transform boundaries.
Boundary-layer cooling. Conductive cooling of an ini-
tially hot semi-infinite medium, applied to the vertical
cooling of aging oceanic lithosphere created at a seafloor
spreading center.
Plate cooling. The description of the cooling of an initially
hot layer of uniform thickness having a lower boundary
maintained at a uniform temperature.
Rayleigh number. A dimensionless number reflecting the
ratio of the forces driving and resisting convection.
Nusselt number. A dimensionless number reflecting the
vigor of convection, equal to the ratio of the total heat
transport relative to the transport that would take place
by conduction alone across the same temperature
differential.
Introduction
The thermal structure of the oceanic lithosphere is of pro-
found importance. One of the dominant mechanisms of
heat loss from the Earth is the creation at seafloor spread-
ing centers and subsequent cooling of oceanic lithosphere.
Ocean lithosphere constitutes roughly 60% of the Earth’s
surface, and the total heat flow through its surface com-
prises more than 80% of the global mantle heat flow
(i.e., excluding the contribution from radiogenic heat pro-
duction in continental crust; Jaupart et al., 2007). The ther-
mal structure of the lithosphere plays key roles in
constraining the rigidity and ultimate strength (seismic
rupture potential) of the outermost layer of the Earth,
and influencing many geodynamic processes including
the Earth’s most fundamental and defining one, plate tec-
tonics. Driving forces for the motion of tectonic plates,
and numerous consequent geological processes, are
derived from the integrity and density of the oceanic lith-
osphere as controlled to a large degree by its thermal struc-
ture. And the volume of ocean basins, and hence the
continental freeboard relative to sea level, are influenced
directly by the thermal structure of oceanic lithosphere.

“Lithosphere” has multiple meanings. It was first
defined as the outer layer of the Earth, including the crust
and upper mantle, having sufficient strength to support
loads such as those imposed by mountains, volcanoes,
and major river deltas (Barrell, 1914). It was later identi-
fied as the high seismic velocity lid that overlies a
deeper low-velocity zone in the mantle; its base was
inferred to correspond to the closest approach of the
geotherm to the mantle melting temperature (Gutenberg,
1959). More recently and most fundamentally, it has
become a geodynamic term, which refers to the part of
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the mantle that forms relatively rigid plates, and within
which heat is transported by conduction. Flexural
strength, long-term immobility, seismic properties, and
possibly composition are properties that are used to define
the lithosphere and its thickness, and all are tied to temper-
ature. Beneath the lithosphere is the relatively mobile
asthenosphere, where heat transport is dominated by vig-
orous (high Rayleigh number, high Nusselt number) con-
vection of near-solidus mantle. The oceanic lithosphere
forms a thermomechanical upper boundary layer to
a “conveyor-belt” convection system, in which the Earth’s
interior heat is liberated through the seafloor as the layer
moves laterally away from the locus of formation at
a seafloor spreading center, and is absorbed by the cooled
layer when it sinks back into the asthenosphere at a
subduction zone. Convection in the asthenosphere is to
a large extent decoupled from the lithosphere. It is charac-
terized by Rayleigh and Nusselt numbers of the order of
107 and 200, respectively, and is driven both by cooling
at the top by heat lost through the lithosphere, and by
heating from the bottom and internally by deep and dis-
tributed sources derived from secular cooling and radio-
genic heat production.

Oceanic lithosphere includes a 7-km-thick basaltic oce-
anic crust, produced by partial melting of the upper mantle
at a seafloor spreading center, and underlying upper
mantle that has been cooled by an amount that gives the
material its short- and long-term mechanical and elastic
properties that contrast with the underlying mobile
asthenosphere. Contrasting composition, a consequence
of the refractory process of producing the oceanic crust,
may also play a part in defining the properties of the oce-
anic lithosphere. These various aspects are summarized
in Figure 1. Previous reviews can be found in Davis
(1989) and Jaupart and Mareschal (2007).

Key observations
Because the creation and cooling of ocean lithosphere is
a transient process, observations used to constrain its ther-
mal structure are most commonly placed in the context of
lithospheric age, and considered in the context of a model
for transient cooling. Various observations are discussed
in this section, and theoretical models are discussed in
the next.

Heat flux
Heat flux through the seafloor provides the most direct
constraint on the thermal structure of the underlying litho-
sphere, although observational uncertainties are often
large (Figure 2a). Detailed studies of the thermal regime
just below the seafloor commonly reveal a hydrologic
regime that in young areas is dominated by high Rayleigh-
and Nusselt-number pore-water convection (see discus-
sions in Harris and Chapman, 2004, and Heat Flow,
Seafloor: Methods and Observations entry, this volume),
with high permeabilities in the uppermost few hundred
meters of young igneous crust resulting from the volcanic
and tectonic processes involved in crustal creation. Hydro-
thermal alteration of the crust slowly reduces the perme-
ability, but the effects of convective heat transport are
observed to persist for tens of millions of years (Von
Herzen, 2004). Heat passing advectively through the sea-
floor is virtually impossible to assess quantitatively, and
often goes unrecognized. Hence, wholesale compilations
of seafloor heat flux observations are strongly biased, par-
ticularly in young, sparsely sedimented areas where igne-
ous crustal outcrops, serving as permeable ventilation
points, are frequent. Where thick and extensively continu-
ous accumulations of low-permeability sediment are
present, advective ventilation ceases, and the heat flux
becomes fully conductive and thus measurable. If circula-
tion within the igneous crust persists, however, heat-flux
variations can still be present, and large numbers of mea-
surements must be made over a large area to obtain
a meaningful average of the conductive seafloor heat flux
at any given age.

To avoid the biasing effects of advective heat loss, two
approaches have been used. Values from older data sets
have been selected to be far from areas of basement out-
crop (relying on statistics for a reliable mean to emerge;
e.g., Sclater et al., 1976). Newer surveys have been carried
out with large numbers of observation points positioned
carefully in context of local and regional sediment/
igneous hydrologic structure to rule out effects of ventila-
tion and properly account for the effects of sub-sedimentary
fluid flow that produces scatter (e.g., Lister et al., 1990;
Davis et al., 1999; Fisher et al., 2003). From such studies,
a reliable relationship between lithospheric heat flux
and age has emerged, with heat flux decreasing propor-
tionately with age�1/2 out to an age of roughly 100 Ma
(Figure 2b), and becoming fairly constant at greater ages
at roughly 48 mWm�2.
Seafloor depth
The most reliably measured consequence of lithospheric
cooling is seafloor subsidence (Figure 3a). Regardless of
the potentially unquantifiable means by which heat passes
through the seafloor, the depth-integrated heat loss and
accompanying thermal contraction are reflected by sea-
floor subsidence, and hence bathymetry provides a
valuable constraint for understanding lithospheric thermal
structure. As in the case of seafloor heat flux, seafloor
depths must be considered with some care, with attention
given to several potential perturbations. These include
checks on isostatic compensation, sediment loading,
crustal thickness variations, and sub-lithospheric density
anomalies. Early data compilations were made with only
modest regard to these factors (e.g., Parsons and Sclater,
1977; Davis and Lister, 1974); later studies, such as those
of Schroeder (1984), Johnson and Carlson (1992), Marty
and Cazenave (1989), Hillier and Watts (2005), and
Crosby et al. (2006), have put more effort into “filtering”
data to define depth/age transects that are relatively free
of the effects of known or suspected major mantle
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Lithosphere, Oceanic: Thermal Structure, Figure 1 Schematic illustration of the creation and subsequent thermal evolution of
oceanic lithosphere (a). Dominant control of the mechanical properties of the lithosphere may be thermal (medium gray) or
compositional (light gray). Arrows show three modes of convection in the asthenosphere, including upwelling beneath the ridge
axis, small-scale convection driven by cooling and associated instability below the base of the lithosphere, and plumes driven by
deep-seated heating. In the near-ridge environment, the geotherm (solid line in b) intersects a hydrous solidus at a depth of about
100 km; extraction of the partial melt from the rising asthenosphere (hachured zone in (a)) produces a basaltic crust about 7 km thick
(dark gray), and leaves behind a dried, refractory, and probably stronger residue. Continued conductive cooling at great age
(boundary-layer cooling geotherm in (c)) may be limited to the compositionally established lithosphere or arrested by regulated
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convective upwellings and downwellings, crustal thick-
ness anomalies, and thick sediment accumulations.
Despite the various potential sources of “noise” (which,
as in the case of heat flux data, add bias, in this case typi-
cally causing observed depths to be anomalously shal-
low), all compilations have shown a similar result, with
seafloor depths increasing proportionately with age1/2

until 70–80 Ma (Figure 3b). Depths at greater ages fall
off of this trend and generally stabilize at about 5.6 km.
Some systematic behavior has been gleaned from the
compilations, most notably that the rates of subsidence
vary both locally and regionally, and that the rate of subsi-
dence is related to the depth of the local ridge axis (Davis
and Lister, 1974; Marty and Cazenave, 1989; Hillier and
Watts, 2005; Crosby et al., 2006). This is believed to
reflect variations in the temperature of the asthenosphere
supplying material at spreading centers (Klein and
Langmuir, 1987).

Other constraints
Additional constraints on lithospheric thermal structure
are provided by observations of shear-wave velocity, flex-
ural rigidity, gravity, and geoid. Gravity data provide little
information about the very long wavelength signature of
lithospheric cooling except to confirm that the topography
is isostatic, but at the shorter wavelengths of abyssal hills,
seamounts, and swells, gravity is sensitive to the vertical
mass distribution. Hence, it can be used to discriminate
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whether topography is supported or unsupported by litho-
spheric strength and to constrain the depth of compensa-
tion of isostatic topography (e.g., Watts, 2007; Crosby
and McKenzie, 2009). The geoid is sensitive to long-
wavelength density structure, and provides a useful
constraint on the thermally influenced density of oceanic
lithosphere. A linear relationship between geoid and age
is seen over young seafloor, with a proportionality ranging
between 0.1 and 0.14 m Myr�1, whereas the response is
flat at ages greater than 80 Ma (e.g., Haxby and Turcotte,
1978; Sandwell and Schubert, 1980; De Laughter et al.,
1999).
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Laboratory observations and field calibrations show
that shear-wave velocity in mantle rocks is a strong func-
tion of temperature, with values decreasing rapidly
(up to 0.1% K�1) with approach to the melting tempera-
ture (Gibb and Cooper, 1998; Priestley and McKenzie,
2006). Hence, shear-wave velocities determined from
dispersive surface waves provide a valuable constraint
on temperature at depth. Observations show a clear age-
dependent structure. A low-velocity zone (Figure 1d), pre-
sent everywhere in the oceans and centered at roughly
150 km, thickens and rises to the surface at mid-ocean
ridges, and extends beneath a high velocity lid (the “seis-
mic lithosphere”) that thickens with age out to roughly
70Ma (Ritzwoller et al., 2004). In addition to temperature,
the presence of partial melt and water may be important
factors controlling this structure.

Flexural rigidity (usually expressed as effective elastic
thickness) and ultimate strength are also strongly con-
trolled by temperature. The first of these related properties
is reflected by the long-term load-bearing capacity, and is
determined using the wavelength of flexure and the rela-
tionship between gravity and topography in the vicinity
of seamounts, trenches, fracture zones, and other crustal
or tectonic loads. As in the case of the thickness of the high
shear-wave-velocity lid, a clear age dependence has been
revealed that shows that the effective elastic thickness is
limited by temperature. The scatter in thicknesses and
inferred maximum temperatures is large, with values fall-
ing between 200�C and 600�C. This reflects in part the
dependence of this property on the duration of loading.

A limiting constraint on ultimate strength is provided
by the occurrence of earthquakes, and when placed in
a context of age, a relationship is also seen. The maximum
depth of hypocenters increases with increasing age, and
the limiting temperatures for seismogenic failure falls at
roughly 600�C (McKenzie et al., 2005). Again, the rate
of loading that leads to seismogenic failure is an important
factor (in addition to temperature) controlling this
property.
Ways of understanding lithospheric thermal
structure
Boundary-layer cooling
The simplest physical description of the thermal structure
of oceanic lithosphere is provided by boundary-layer
cooling theory (Parker and Oldenberg, 1973; Davis and
Lister, 1974). Except very near the ridge axis, cooling is
vertical and the equivalent to cooling of an initially uni-
form-temperature half space. The lithosphere is defined
simply as cooled asthenosphere with the boundary defined
by an isotherm that deepens with age and thus distance
from the ridge. Heat flux through the seafloor, Q,
decreases with age, t, as Q= l Ta (p k t)�1/2, and seafloor
depth, h, increases as h= 2 aeffTa (k t/p) t

1/2, where Ta= the
initial temperature of the asthenospheric material from
which the lithospheric forms (relative to seawater at
T� 0�C), k= thermal diffusivity, aeff= a r0/(ra� rw) is
the effective volumetric thermal expansivity adjusted for
seawater loading, and ra and rw are the densities of the
asthenosphere and seawater, respectively. The thermal
properties are known to be sensitive to temperature (e.g.,
Hofmeister, 1999); this must be considered when estimat-
ing temperatures at depth (e.g., McKenzie et al., 2005),
but it does not change the simple predicted dependence
of subsidence and heat flux on age (Davis and Lister,
1974; Lister, 1977). The simplest application of bound-
ary-layer cooling theory produces a heat flux singularity
at the ridge axis; this is dealt with by applying a heat-
balance boundary condition at the ridge axis. Two impor-
tant predictions of the theory are that the heat flux,
integrated from t = 0 to t = a is 2 Q(a), and that the heat
flux is related to seafloor depth as Q= (r cP/aeff) dh/dt,
where cP is the specific heat at constant pressure and aeff
is appropriate for 0.7 of Ta (Lister, 1977). Wherever
cooling follows boundary-layer behavior, this relationship
can be used to obtain a robust estimate of the heat loss
from the oceanic lithosphere without a need for relying
on sparse, scattered, and potentially biased seafloor
heat-flux data.

When plotted as functions of t�1/2 and t1/2 as they are in
Figures 2b and 3b, and considered in light of the heat-flux/
subsidence relationship given above, the heat-flux and
depth observations clearly demonstrate the efficacy of
boundary-layer cooling theory for characterizing litho-
sphere younger than 70–80 Ma. The same is true for the
geoid, which is predicted by boundary-layer cooling the-
ory to decline at a rate of 0.16 m Myr�1 (Haxby and
Turcotte, 1978). The cessation of simple subsidence and
flattening of the geoid beyond 70–80 Ma and the rela-
tively constant heat flux beyond an age of roughly
100 Ma, require something more than the heat supplied
via transient cooling, however.
Plate cooling models
That ocean depths at great ages are relatively uniform and
consistently shallower than those predicted by boundary-
layer cooling provided the fundamental rationale for plate
cooling models, which describe the lithosphere as a layer
of constant thickness having a fixed lower boundary tem-
perature. This description (McKenzie, 1967) was initially
used out of mathematical convenience. There was little
physical justification for the lithosphere to have an intrin-
sic thickness, or for constant heat flux to be supplied by
asthenospheric convection beneath old lithosphere, until
physical arguments were made for the latter by Parsons
and McKenzie (1978) by way of an age-dependent onset
of convection in the growing thermal boundary layer
below the cooled, mechanically immobile lithosphere.
Physical modeling of convection using material having
a strongly temperature-dependent viscosity has shown
how this phenomenon can serve to stop and possibly even
reverse subsidence, and later stop the decline in heat flux
with age (Davaille and Jaupart, 1994; Crosby et al.,
2006). The key factor in this model is the growth of the
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thermal boundary layer beneath the conductively cooled
plate. Once this layer reaches a sufficient thickness to
become convectively unstable, convection begins to bring
heat from the large reservoir of the asthenosphere beneath.
A balance is ultimately reached between the heat
conducted through the lithosphere and that carried by con-
vection in the asthenosphere.

Alternate means suggested for maintaining an effec-
tively steady-state lithosphere at great age include convec-
tion driven from below (plumes, distributed radiogenic
heat, and secular cooling), and creation of a composition-
ally distinct lithosphere at the ridge axis. The first by itself
is precluded as a general case by both topographic and
heat-flux observations, which show no statistically signif-
icant influence of augmented heat flux at intermediate
ages. The second may provide a viable alternative to
age-initiated top-down convection. The means for creat-
ing a compositional constraint on lithospheric thickness
can be understood by considering Figure 1a and b.
Asthenosphere rising beneath a ridge axis to balance the
mass lost to lateral plate motion will begin to melt when
it reaches a depth where the adiabat meets the local soli-
dus. The depth at which this occurs depends on the water
content of the asthenosphere. Estimates for water content
range from 50 to 150 ppm by weight, and the depth at
which melting begins is estimated at roughly 115 km,
twice the depth for dry conditions (Hirth and Kohlstedt,
1996; Azimow and Langmuir, 2003). The partial melt
fraction segregates and rises to produce the oceanic crust,
leaving a residue that may differ in composition, and
hence in mechanical properties, from normal astheno-
sphere (Oxburgh and Parmentier, 1977; Morgan, 1997).
More importantly, water, being much more soluble in the
melt than in the solid fraction, is very efficiently removed
from the residue, and this drying will have a strong influ-
ence on the viscosity of the residual asthenosphere. Hirth
and Kohlstedt (1996) estimate an increase in viscosity by
a factor of 500 may result from complete drying. Hence,
the mechanical property of the lithosphere that controls
convection may indeed be established very near the ridge
axis. Lithospheric cooling will initially follow conductive
boundary-layer behavior, and temperature-sensitive prop-
erties such as shear-wave velocity, flexural strength, and
seismic rupture potential, will follow isotherms. Once
the depth of the compositional change established near
the ridge is reached by cooling, the effects of convection
in the normal, relatively wet, and hence invicid astheno-
sphere away from the ridge axis will be manifest in
arrested subsidence, then uniform heat flux. If this is
the case, then the thermal state of old lithosphere will sim-
ply reflect the combination of its intrinsic thickness and
the relatively uniform temperature of the vigorously
convecting asthenosphere beneath.
Influence of plumes
Convective plumes in the asthenosphere have been argued
to thin, or “reset” the thermal age of oceanic lithosphere
(see review in Detrick et al., 1989), with the eventual col-
lective contribution from plumes resulting in the departure
from boundary-layer cooling behavior (Heestand and
Crough, 1981) and possibly in the supply of much of the
heat flux to the base of plates (Malamud and Turcotte,
1999), although these possibilities remain controversial.
The influence of plumes can certainly be large; while sur-
face volcanism from plumes is typically highly focused,
the associated topographic swells are large and extensive,
often exceeding 1 km in amplitude and having a wave-
length approaching 1,000 km. A similarly broad thermal
anomaly is implied as a source for swells. Given the large
thermal time constant of the lithosphere, seafloor heat flux
provides an inherently poor constraint on the depth of the
thermal source; attempts have been made to detect anom-
alies with understandably mixed results (e.g., Von Herzen
et al., 1989). A study of the geoid signature over the
Hawaiian Swell by Moore and Schubert (1997) suggests
that the lower part of the lithosphere is involved, but
a study of the topography and gravity over swells by
Crosby and McKenzie (2009) reveals an admittance
(30 mGal km�1) that is consistent with the thermal density
anomaly being below the base of the plate. This study
also shows no evidence for age dependence of the admit-
tance, which suggests that the conductive lithosphere is
established at a very young age. If true, this would support
the hypothesis that oceanic lithosphere acquires one of its
key properties by virtue of its composition established at
the ridge axis.
Summary
A broad suite of observations gathered in context of pow-
erful physical models have brought plate tectonics from
a largely geometrical description of the history of the sur-
face of the Earth to a robust theory. Among other things,
this theory addresses the mechanisms by which plates
form and are driven, the thermal structure of oceanic lith-
osphere that influences its mechanical and geodynamic
behavior, and the dominant modes of heat loss from the
Earth. Uncertainties remain, however, and further work
is required to resolve several lingering questions about
lithospheric creation, cooling, and eventual stabilization.
Among these are (1) to what degree is the mechanical
behavior of oceanic lithosphere (particularly its resistance
to thinning by convection of any form in the astheno-
sphere) established compositionally by partial-melt
extraction at ridge axes, (2) to what degree does astheno-
spheric convection stimulated by top-down cooling regu-
late heat loss through and limit the growth of the
lithosphere at great age, and (3) to what degree do plumes,
the consequence of convective instabilities generated
deep in the asthenosphere, contribute to heat flux at the
base of plates, and do they convectively thin or merely
conductively warm the plates beneath which they ascend?
Addressing the first will improve constraints on plate
drive generated by gravitational sliding forces, which are
maximum for the case of a mechanical lithosphere being
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defined purely as a cooling boundary layer. Addressing
the second and third will help resolve just what the
primary regulating factor is that constrains the rate of
heat loss from the Earth, such as the vigor of astheno-
spheric convection, the quotient of asthenospheric tem-
perature and lithospheric thickness, or the rate of
production and destruction of lithosphere at ridges and
subduction zones.
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Definition
The magnetic properties of rocks and minerals are gener-
ally anisotropic, that is, they are directionally dependent.
Magnetic anisotropy of minerals arises from either funda-
mental anisotropy in the crystal structure or from the shape
of nonspherical ferromagnetic grains. The most common
cause of magnetic anisotropy in rocks is the preferential
distribution-orientation of the constituting minerals, in
other words the rock fabric.

Introduction
Pioneering works on the magnetic anisotropy of rocks
were carried out during the 1940s and 1950s (Ising,
1942; Graham, 1954). These authors first realized that
magnetic methods may be used to characterize the pre-
ferred orientation of minerals within the rock samples.
Ising studied varved clays in Sweden and noticed that
the magnetic susceptibility was higher on the bedding
plane than orthogonally to it. Graham recognized that
the anisotropy of magnetic susceptibility (AMS) may be
regarded as a petrofabric element; he later extended the
analysis to various sedimentary rocks of the Appalachian
Mountains and pointed out the existence of distinct and
systematic relationships of the magnetic properties with
structural setting (Graham, 1966). The studies progres-
sively developed in the following decades and a first com-
prehensive review on magnetic anisotropy and its
application in geology and geophysics was published by
Hrouda (1982). Over the past 20–30 years, researches on
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
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magnetic anisotropy gained widespread use and were
extended to examine the fabric in a variety of sedimentary,
igneous, and metamorphic rocks (e.g., see reviews by
Jackson, 1991; Jackson and Tauxe, 1991; Rochette et al.,
1992; Tarling and Hrouda, 1993; Borradaile and Henry,
1997; Borradaile, 2001; Borradaile and Jackson, 2004;
Tauxe, 2005; Lanza and Meloni, 2006; Hrouda, 2007).
Presently, the study of the magnetic anisotropy of rocks
is still one of the most promising research issues in the
field of rock magnetism.

Theoretical principles
Two principal mechanisms control the magnetic anisot-
ropy of rocks: (1) lattice alignment of crystals with
magnetocrystalline anisotropy, (2) shape alignment of fer-
romagnetic grains.

Magnetocrystalline anisotropy
This is an intrinsic property of all minerals since it arises
from the ordered structure of elementary particles in the
crystal lattice; it is defined as the energy per atom needed
to move the crystal magnetization from one crystallo-
graphic direction to another. Magnetocrystalline anisot-
ropy thus reflects the dependence of the free energy of
a magnetic system on the direction of magnetization. In
the atomic structure of a crystal, the spin–orbit coupling
between the magnetic spins and the lattice establish “easy”
and “hard” directions of magnetization and determine the
orientation of the spin moments with respect to the crystal
structure. Within ferromagnetic crystals (the term ferro-
magnetic will be used in the following in its broader sense,
that is to indicate all minerals with ordered magnetic spin
structures, including ferrimagnetic and antiferromagnetic
ordering), the exchange energy in the 3d electronic
orbitals of transition elements (e.g., Fe, Co, Ni) is, unlike
the s orbitals, anisotropic. Hence, within these crystals
90-481-8702-7,
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electron spins will be easier to coordinate in some direc-
tions than in others. Along these directions, the elemental
electron spins align more readily and the magnetization
acquired in an applied field is greatest. In magnetite the
direction of the lowest magnetocrystalline anisotropy
energy (i.e., the easy axis of magnetization) is along the
body diagonal, that is the [111] crystallographic direction.
In hematite, magnetocrystalline anisotropy is very weak in
the basal plane, but it is very high along the crystallo-
graphic c-axis, perpendicular to this plane. As a conse-
quence, hematite crystals may be easily magnetized by
magnetic fields applied along the basal plane and are
almost unaffected by fields applied perpendicular to it.

Shape anisotropy
Shape anisotropy mostly occurs in ferromagnetic min-
erals with high intrinsic susceptibility and low deg-
ree of magnetocrystalline anisotropy (e.g., magnetite,
maghemite), where just a slight deviation from the iso-
metric shape produces notable magnetic anisotropies, in
order to minimize the magnetostatic energy due to the
formation of surface magnetic poles at the extremities
of the mineral grains. In ferromagnetic minerals, the
alignment of electron spins produced by exchange
energy or by the application of an external magnetic field
generates an external magnetic field that is proportional
to the spontaneous or induced magnetic moment and
may be represented as a field produced by an apparent
distribution of north and south magnetic poles on the sur-
face of the crystal. In turn, the surface magnetic poles
generate an internal field whose field lines start on the
north magnetic poles on the surface and end on the south
poles (Figure 1). This internal field is, therefore, antipar-
allel to the alignment of the magnetic moments within the
crystal and it is known as the demagnetizing field Hd.
Such a demagnetizing field is proportional to the magne-
tization M of the crystal and is sensitive to its shape:

Hd ¼ �NM

where N is a demagnetizing factor which is determined by
the shape of each crystal.

Shape anisotropy arises from the dependence of the
demagnetization factor N on the direction of magnetiza-
tion with respect to the particle shape; different directions
M

Hd

S
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Magnetic Anisotropy, Figure 1 Surface magnetic poles and
internal demagnetizing field Hd (dashed arrow) for an ellipsoidal
grain with uniform axial magnetization M.
resulting in different arrays of surface poles. By analogy
with electrostatics, magnetostatic forces decrease with
distance and the internal demagnetizing field is reduced
when the surface poles are furthest apart. For a spherical
grain N = 1/3. In an ellipsoid grain with principal axes a
� b� c, Na + Nb + Nc = 1. In the case of an ellipsoid mag-
netized parallel to the elongation axis a the demagnetizing
field, which depends on 1/r2, is weaker than in the case of
a sphere (i.e., Na <1/3). Similarly, if the ellipsoid is mag-
netized along the shortest axis c, the demagnetizing field is
stronger (i.e., Nc > 1/3). In general, the demagnetizing
factor N is minimum for very elongated (“pencil-shaped”)
grains and maximum for platy grains (“disk-shaped”). In
an ellipsoid of revolution, Na approaches 0 for an infinite
needle (Nb = Nc = ½), and Nc approaches 1 for a disk of
infinite thinness (Na = Nb = 0).

The demagnetizing factor N determines the intensity of
the magnetic field which effectively acts (Heff) within
a grain subjected to an external applied field Hex:

Heff ¼ Hex � NM

The magnetization M of a grain along an arbitrary
j
direction j is given by

Mj ¼ k0Hex ¼ kiHeff ¼ ki Hex � NjMj

� �

where k0 is the observed magnetic susceptibility along the
direction j, ki is the intrinsic magnetic susceptibility of the
grain and Hex is the intensity of the external magnetic
field.

The observed magnetic susceptibility along a given
direction of a grain is related to the intrinsic magnetic sus-
ceptibility of the mineral by

k0 ¼ ki= 1þ Nkið Þ
The degree of magnetic susceptibility shape anisotropy
in a grain is defined as

P ¼ 1þ kiNcð Þ= 1þ kiNað Þ;
where the intrinsic susceptibility ki is isotropic and depen-
dent only on the chemical composition of the mineral.
Therefore, the net effect of the shape anisotropy is to favor
the orientation of the induced magnetization along the
long axis of a magnetic grain, where the internal
demagnetizing field is minimized.

Magnetostriction – stress anisotropy
The application of an external stress to a rock may cause
reversible as well as irreversible changes to its magnetic
anisotropy. In fact, straining a ferromagnetic crystal can
rotate its spontaneous magnetization away from the easy
axis given by magnetocrystalline anisotropy. Also, the
application of a magnetic field that rotates the spontaneous
magnetization of a ferromagnetic crystal away from its
intrinsic preferred direction can strain the lattice and mod-
ify the crystal shape, producing changes in its demagneti-
zation factors and shape anisotropy. Both processes are
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expression of the phenomenon known as magnetostriction
and are due to changes in the exchange energy when mod-
ifications in the magnetization or in the crystal shape
alter the spin–orbit coupling in neighboring atoms (e.g.,
O’Reilly, 1984).

Magnetostriction is defined as the spontaneous change
in crystal dimensions that accompanies the process of
magnetization or as the change in the magnetization of
a crystal as the result of the application of stress. The linear
saturation magnetostriction constant l is defined as the
fractional change in the length DL/L of a demagnetized
ferromagnetic crystal as its magnetization increases from
zero to saturation (e.g., Moskowitz, 1993). Magnetostric-
tion is positive when the crystal expands in the direction
of magnetization. In magnetite at room temperature, the
magnetostriction depends crucially on the direction, being
positive for a magnetization along a <111> easy axis but
negative for magnetization along a <100> hard axis.

In a cubic crystal, the anisotropy of l is given by:

l ¼ 3=2l100ða12g12 þ a22g2
2 þ a32g3

2 � 2=3Þ
þ 3l111ða1a2g1g2þa2a3g2g3þa3a1g3g1Þ;

where ai, (i = 1, 2, 3) are the direction cosines of saturation
magnetization (Ms) with respect to the <100>, <010>,
and <001 > crystallographic axes, respectively, and gi
are the equivalent direction cosines of the direction along
which the magnetostriction is being measured (Dunlop
and Özdemir, 1997). l100 and l111 are the crystal’s magne-
tostriction constants along the <100 > and <111 > crys-
tallographic axes for M aligned in the same direction.

In the case of isotropic magnetostriction (i.e., ls = l100
= l111), the magnetoelastic energy caused by the applica-
tion of a stress s to a magnetic crystal is given by:

E ¼ 3=2lsssin2y

where y is the angle between Ms and s.
In this simple case, the energy is minimum when Ms is

parallel to s and ls s > 0 or when Ms is perpendicular to
s and lss< 0. Thus, the application of a uniaxial stress will
cause Ms to rotate toward the stress axis if ls s > 0 (i.e.,
under the combination of a compression and a negative ls
or of a tension and positive ls).

In the general case, the relationship between the change
in the magnetic anisotropy and the increase of strain
induced by a stress field is not simple, reflecting the com-
plex behavior due to the superposition of the strain effects
upon an already magnetically anisotropic specimen.

Exchange anisotropy
Exchange anisotropy results from superexchange interac-
tion across the interface of two different magnetically
ordered phases (Meiklejohn, 1962; Berkowitz and Takano,
1999). In the simplest model, the origin of exchange anisot-
ropy is considered to be the coupling of a ferromagnetic
spin system to an antiferromagnetic spin system, separated
by a planar interface. To obtain a preferred direction of
the coupling it is necessary that Curie temperature TC of
the ferromagnet be greater than the Néel temperature TN
of the antiferromagnet. When a magnetic field is applied
at a temperature TN < T< TC, the spins of the ferromagnet
will orient parallel to the applied field. Then, as the material
is cooled through TN, the spins of the antiferromagnetic lat-
tice closest to the ferromagnet will align in the same direc-
tion as the ferromagnet and subsequent spin planes in the
antiferromagnetic lattice will orient antiparallel to each
other. When the antiferromagnet is fully ordered, with high
magnetocrystalline anisotropy, it holds the magnetization
of the ferromagnetic material in the direction of the applied
field, giving rise to a unidirectional magnetic anisotropy.

Exchange anisotropy can be detected from a shifted
hysteresis loop when the material is cooled in a magnetic
field and from the presence of a siny term in torque curves
measured in high fields due to a rotational hysteresis loss.

Exchange anisotropy in natural minerals has been found
in titanomagnetite or in the intergrowth of maghemite
with hematite and has been invoked to explain self-
reversals in the direction of magnetization of natural rocks
(e.g., Nagata and Uyeda, 1959). In the last decades there
has been an increase of interest about this magnetic phe-
nomenon because of the importance of its technological
applications in spin-valve devices, such as hard-disk read
heads, and in magnetic thin layers.
Anisotropy of magnetic susceptibility (AMS)
The magnetic anisotropy of rocks is often determined by
means of the analysis of the anisotropy of the magnetic
susceptibility (AMS), which is the property that has found
the most applications in geophysical studies so far. The
AMS of rocks is controlled by preferentially oriented
magnetic mineral grains and, therefore, it contains infor-
mation about both the grain susceptibilities and their ori-
entation-distribution. Knowing the composition of the
rock-forming minerals and their magnetic anisotropy
characteristics, it is possible to determine the spatial distri-
bution of the grains and infer the geological processes
that originated it. A preferential orientation-distribution
of mineral grains is in fact typical of almost all rock types
and it develops during various geological processes, such
as water flow in sediments, magma flow in igneous rocks,
ductile deformation inmetamorphic rocks, and even incip-
ient strain in the paramagnetic clay matrix of apparently
undeformed fine-grained sediments.

The magnetic susceptibility is the capability of a mate-
rial to be magnetized under the effect of an external mag-
netic field; all the materials are “susceptible” to become
magnetized in the presence of an applied magnetic field,
and the magnetic susceptibility describes this transient
magnetism within a material sample. If the magnetic field
is relatively weak, the magnetization of a rock is a linear
function of the intensity of this field. The low-field mag-
netic susceptibility is defined as the ratio of the induced
magnetization (M, dipole moment per unit volume or J,
dipole moment per unit mass) to the applied low-intensity
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magnetic field (H). Only for isotropic substances the
induced magnetization is strictly parallel to the applied
field, and themagnetic susceptibility is a scalar. In the gen-
eral case of anisotropic media, like minerals and rocks, the
induced magnetization is not parallel to the applied field,
and the magnetization induced along the direction i is
related to themagnetic field acting along the direction j by:

Ji = wijHj (mass specific), where w is given in SI units of
m3/kg

or
Mi = kij Hj (volume specific), where k is dimensionless

in SI units
On the basis of the magnetic susceptibility all sub-

stances may be classified as diamagnetic, paramagnetic,
and ferromagnetic.

In diamagnetic minerals the induced magnetization
increases linearly with the increasing field, but in the
opposite direction; the magnetic susceptibility is therefore
negative and typically very low (k ~ �10�5 SI). In para-
magnetic minerals the magnetization increases linearly
with increasing field, along the same direction, and the
susceptibility is positive (k~10�4 to 10�5 SI). In ferromag-
netic minerals, the induced magnetization increases
nonlinearly with increasing field and the magnetic suscep-
tibility is typically positive and much higher (k ranges
from 10�3 to 10 SI) than in diamagnetic and paramagnetic
minerals.

If the applied field is so low to approximate as linear the
magnetic response of the body, the magnetic susceptibility
can be represented by a set of coefficients (kij) that form
a second-order symmetric tensor; each coefficient quan-
tifies how much a body can be magnetized along a certain
Cartesian direction according to a Cartesian component
of the applied field. The relationship between the com-
ponents of the magnetization Mi (i = 1, 2, 3) and the
components of the magnetic field Hj ( j = 1, 2, 3) is
expressed by the equations

M1 ¼ k11H1 þ k12H2 þ k13H3

M ¼ k H þ k H þ k H
2 21 1 22 2 23 3

M ¼ k H þ k H þ k H
kmax

k int

Y

X

Magnetic Anisotropy, Figure 2 The magnetic susceptibility
ellipsoid. The anisotropy of magnetic susceptibility (AMS) tensor
may be geometrically represented by a triaxial ellipsoid, in which
the three orthogonal axes correspond to the AMS eigenvectors,
3 31 1 32 2 33 3

which can be rewritten in subscript notation as:

Mi ¼ kijHj

where the coefficients kij define a matrix that has six inde-
pendent elements, since the second-order tensor must be
symmetric to guarantee real eigenvalues, and kij is imposed
equal to kji. Among all possible Cartesian reference sys-
tems, there exists one in which the non-diagonal terms of
the tensor are zero so that the above equations simplify to:

M1 ¼ k11H1

M ¼ k H

kmax, kint, and kmin, respectively. The orientation of the AMS
eigenvectors is then defined in a reference system of Cartesian
2 22 2

M ¼ k H
 coordinates (X, Y, and Z).
3 33 3
where in this case the three coefficients k11, k22, and k33 are
the eigenvalues of the magnetic susceptibility tensor: they
are called the principal susceptibilities and are generally
indicated as kmax � kint � kmin (or k1 � k2 � k3), the max-
imum, intermediate, and minimum susceptibilities

The corresponding eigenvectors are the maximum,
intermediate, and minimum principal susceptibility direc-
tions that are the directions along which the induced mag-
netization is strictly parallel to the direction of the applied
field. The magnetic susceptibility tensor may be
represented geometrically by a triaxial ellipsoid, which is
termed the magnitude ellipsoid, whose axes are parallel
to the AMS tensor eigenvectors and whose semiaxes
lengths are proportional to the AMS tensor eigenvalues
(Figure 2). We will refer to this ellipsoid in the following
as the AMS ellipsoid. Since for diamagnetic minerals the
negative AMS eigenvalues make the magnitude ellipsoid
difficult to visualize, the magnetic susceptibility ellipsoid
may also be expressed by the representation quadric, in
which the length of the radius vector in any direction from
the origin is equal to the inverse square root of the suscep-
tibility in that direction. It has however a less direct rela-
tionship to the eigenvalues.

In practical measurements, each AMS eigenvector is
determined with two uncertainty angles, which define
the regions where each principal susceptibility direction
lies with a probability of 95% (Figure 3). The definition
of a magnetic susceptibility ellipsoid identifies two impor-
tant elements: a “magnetic foliation” (the plane orthogonal
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to the direction of minimum magnetic susceptibility) and
a “magnetic lineation” (the direction of maximum mag-
netic susceptibility).

AMS ellipsoid shapes are classified according to the
relationships between the magnetic susceptibility
eigenvalues:

k1 � k2 � k3; isotropic susceptibility, the AMS ellipsoid
is a sphere (Figure 4a)

k3 � k2 � k1; the AMS ellipsoid has an oblate shape (i.e.,
the magnetic fabric is planar, Figure 4b)

k3 � k2 � k1; the AMS ellipsoid has a prolate shape (i.e.,
the magnetic fabric is linear, Figure 4c)

k1 > k2 > k3; the AMS ellipsoid is triaxial (Figure 4d)
The orientations of principal susceptibilities for a set of

samples are conventionally visualized in Schmidt
equal-area projection, lower hemisphere (Figure 5).
K2

e23

e21

e12

e32

e31

K3

K1e13

Magnetic Anisotropy, Figure 3 Relationship of the 95%
confidence ellipses (e12, e23, e13) to the anisotropy of magnetic
susceptibility (AMS) eigenvectors. Around each principal
susceptibility axis, the major and minor semiaxes of 95%
confidence ellipse lay within the planes defined by the
eigenvectors.

a

b c

Magnetic Anisotropy, Figure 4 Shape of anisotropy of magnetic s
(d) triaxial.
The bulk low-field magnetic susceptibility of a rock is
a summation of the contribution from all mineral species
composing the rock, weighted according to their relative
abundance and susceptibilities. Obviously, the contribu-
tion of ferromagnetic minerals to the overall magnetic sus-
ceptibility of a rock specimen is overwhelming upon those
of the paramagnetic and diamagnetic matrix. The contri-
bution of the matrix will be negligible when the percent-
age of ferromagnetic minerals exceeds 0.1% (k >
3,000–4,000 mSI). Conversely, for rocks in which k <
200–300 mSI, the magnetic susceptibility is almost
completely controlled by the contribution of the paramag-
netic matrix. For very small or even negative k values
(i.e., k < 50 mSI), the contribution of the diamagnetic
matrix to the bulk susceptibility of a rock specimens is
not negligible.

All the rock’s constituent mineral fractions contribute
to the development of an AMS fabric depending on their
intrinsic susceptibility and degree of preferential orienta-
tion-distribution.

Among ferromagnetic minerals, hematite and pyrrho-
tite are the most anisotropic, both with anisotropy degree
P > 100; whereas for magnetite P shows a typical range
of variation between 1.1 for nearly isometric grains and
3 for highly anisometric grains (Table 1). Paramagnetic
minerals are characterized by a much smaller AMS
degree. In biotite and most phyllosilicates, the kmax and
kmin directions are respectively parallel and orthogonal to
the basal plane and their AMS ellipsoid is typically oblate.
Finally, the main diamagnetic minerals typically show low
magnetic susceptibilities and low anisotropy (Table 1).

In comparison to other methods of petrofabric analysis,
the study of AMS has the advantage to be quick, cost-
effective, highly sensitive, and above all it can be
performed systematically on all rock types. AMS data
are usually employed to obtain some information about
the geological processes that gave a fabric to a rock unit,
both during lithogenesis and during any subsequent defor-
mational event.
AMS: applications in geology and geophysics
Magnetic anisotropy is an essential petrostructural phe-
nomenon which can be used to study rock fabric, deforma-
tion, and various other processes that took place during the
geologic history of a rock. The AMS of rocks can be
d

usceptibility (AMS) ellipsoids. (a) spherical, (b) oblate, (c) prolate,
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determined with high accuracy and the method is so sensi-
tive that in rocks with a very weak preferred orientation-
distribution of minerals it is the only approach that gives
reasonable results. The study of AMS has been therefore
kmax

kint

kmin

N

90

180

270

N = 9

Magnetic Anisotropy, Figure 5 Equal area projection of the
principal anisotropy of magnetic susceptibility (AMS) directions
and the 95% confidence ellipses for a single sampling site.
Squares: kmax; triangles: kint; circles: kmin. Small symbols indicate
individual specimens and large symbols indicate the mean
tensor.

Magnetic Anisotropy, Table 1 Grain anisotropy of magnetic susc
common minerals (Adapted from Hrouda, 1993, 2007; Tarling and

Mineral k (SI) P

Ferromagnetic (s.l.)
Magnetite 2.0–5.7 1
Hematite 1 � 10�3 � 5 � 10�2 >
Pyrrhotite 5 � 10�2 � 3 � 10�1 1
Paramagnetic
Biotite 1.0 � 2.8 (� 10�3) 1
Muscovite 0.12 � 0.17 (� 10�3) 1
Phlogopite 0.3 � 1.2 (� 10�3) 1
Chlorite 0.07 � 1.55 (� 10�3) 1
Hornblende 8.92 (� 10�3) 1
Tourmaline 1.69 (� 10�3) 1
Siderite 3.98 (� 10�3) 1
Diamagnetic
Quartz �13.4 � �15.4 (� 10�6) 1
Calcite �13.8 (� 10�6) 1
Aragonite �19 (� 10�6) 1

k = mean magnetic susceptibility
P = k1/k3 – degree of anisotropy
T = (2�2 – �1 – �3)/(�1– �3) – shape parameter for the AMS ellipsoid (Je
used as a tool of structural analysis for almost all rock
types and AMS analyses were applied to investigate
a wide variety of geological processes capable to produce
a preferential orientation-distribution of minerals in rocks.
Moreover, AMS studies are an important complement to
paleomagnetic researches, as a way to assess the reliability
of paleomagnetic data and to determine possible deflec-
tions in the natural remanent magnetization components
induced by deformation and compaction. For these rea-
sons, the analysis of the AMS has experienced broad use
in many branches of the Earth Sciences.

A brief overview of the wide spectrum of potential
applications of the AMS research is provided below.

In undeformed sediments, the magnetic anisotropy may
indicate the orientation of the sedimentation paleo-
horizontal and eventual paleo-flow directions. The pri-
mary magnetic fabric of sediments is strongly affected
by the processes that govern deposition and compaction.
In quiet water deposition, such as in a lagoon or lake envi-
ronment, gravity-driven sedimentation brings platy grains
to lay with their longer dimensions statistically parallel to
the bedding-compaction plane. Then, with further sedi-
ment burial, the effect of diagenetic compaction on platy
minerals by pressure and water expulsion reinforces
the parallelism between the magnetic foliation and the
bedding plane.

Thus, if the magnetic fabric is purely depositional, or
related only to compaction loading, the AMS ellipsoid
shows an oblate shape, with the kmin axis perpendicular
to the bedding plane (which can be determined through
AMS analyses with high accuracy) and the kint and kmax
axes scattered in the bedding plane itself (Figure 6a). The
action of flow currents may cause the maximum suscepti-
bility axis to be aligned either parallel or perpendicular
eptibility (AMS) determinations reported for various
Hrouda, 1993; Borradaile and Jackson, 2004)

T AMS type

.1 – 3.0 Variable Shape
100 	1 Magnetocrystalline
00 – 10,000 	1 Magnetocrystalline

.2 � 1.6 0.9 � 1 Magnetocrystalline

.3 � 1.4 0.4 � 0.7 Magnetocrystalline

.3 � 1.5 0.78 � 0.95 Magnetocrystalline

.2 � 1.7 0.3 � 0.7 Magnetocrystalline

.67 �0.51 Magnetocrystalline

.005 	1 Magnetocrystalline

.56 �0.9 Magnetocrystalline

.01 � Magnetocrystalline

.11 1 Magnetocrystalline

.15 0.8 Magnetocrystalline

línek, 1981) where �1 = ln k1, �2 = ln k2, �3 = ln k3, � = (�1 + �2 + �3)/3
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Magnetic Anisotropy, Figure 6 Schematic representations of the anisotropy of magnetic susceptibility (AMS) development for
undeformed sediments deposited in quiet conditions (a), under the action of a weak or moderate water currents (b), and under the
action of strong currents, sufficient to entrain particles and to induce the rolling of elongated grains with their long axis
perpendicular to the water flow (c). (Modified from Tauxe, 2005.)
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to the paleocurrent direction (e.g., Rees, 1961, 1966, 1983;
Hamilton and Rees, 1970; Rees and Woodall, 1975;
Ellwood and Ledbetter, 1979; Liu et al., 2001; Pàres
et al., 2007). In moderate currents, platy particles tend to
imbricate and elongated particles tend to align with their
greatest axis parallel to the flow. On the AMS results
obtained from a group of specimens, the imbrication
induces a slightly vertical offset of the mean kmin and the
clustering of the kmax axes in a direction antiparallel to
the paleo-flow (Figure 6b); the overall AMS fabric is still
characterized by an oblate ellipsoid. In such a case, imbri-
cation yields a better estimate of the flow direction than
magnetic lineation, which may wander within the foliation
plane and even be orthogonal to the flow direction. In fact,
when deposition occurs under high current flow (traction
transport mode of sedimentation) the distribution of kmin
axes from various samples is streaked, the kmax axes clus-
ter in a direction perpendicular to the flow (Figure 6c), and
the fabric is characterized by prolate or triaxial AMS
ellipsoids.

In general, sedimentary depositional fabrics are com-
paratively low in both susceptibility (<10–4 SI) and in
anisotropy (P < 1.05).

In igneous rocks, AMS analyses are mostly used to
determine the orientation of the plane and flux direction
of the magma flows. In these rocks, the viscosity of the
magma plays a fundamental role for the genesis of
a rock fabric. The movement/rotation of magnetic min-
erals is hindered when viscosity reaches a level that
impedes any further ductile flow.

It is useful to distinguish the case of extrusive and shal-
low intrusive rocks (lava flows, ignimbrites, and dykes)
from plutonic rocks. In volcanic rocks, the processes that
induce a preferential orientation of the magnetic minerals
(mostly titanomagnetites) are connected to the plane and
direction of magma flow, both for lavas from effusive
eruptions, for pyroclastic flows from explosive volcanism,
and for dykes and other shallow tabular intrusive rocks
(e.g., Khan, 1962; Incoronato et al., 1983; Knight et al.,
1986; MacDonald and Palmer, 1990; Tauxe et al., 1998;
Cañon-Tapia, 2004; Gurioli et al., 2005). Titanomagnetite
grains are oriented in the flow plane with their greatest
dimension parallel to the magma flow, so that for lava
flows the magnetic foliation matches the (paleo)topo-
graphic surface, whereas for dikes or sills it develops par-
allel to the walls of the hosting rocks. The magnetic
lineation is mostly parallel to the magma flow directions,
even though perpendicular or oblique relationships can
also be rarely found. The efficiency of the volcanic flow
to impart a preferential orientation on magnetic grains is
usually relatively low, causing rather low anisotropy
degrees, comparable to those typical of undeformed
sediments.

A random fabric may be an indication of turbulent
motion, which for dikes and sills occurs in the case of
injection along wide enough fractures and for ignimbrites
and surges occurs at a short distance from the vent where
the eruption energy causes a chaotic motion of the
transported solid particles. A coherent fabric may develop
however at farther distance from the eruption centers
where the kinetic energy decreases and the particles
deposit on the morphological paleo-surfaces.

As for undeformed sediments, an eventual imbrication
of the magnetic grains may be used to reconstruct the
sense of the flow. In fact, the normal fabric of pyroclastic
flows is considered the one with the foliation plunging
upflow, so that the flow direction is given by the azimuth
of the foliation pole and the lineation is close to it. AMS
analyses in volcanic rocks have been used to constrain
the location of the eruption centers.

In plutonic rocks, the analysis of the AMSmay provide
information on the processes of magma injection, differ-
entiation, and crystallization (e.g., Heller, 1973; Hrouda
et al., 1971; Jover et al., 1989; Hrouda and Lanza, 1989;
Bouchez, 1997). The AMS fabric may therefore be
affected by the flow of the magma, the changes in its vis-
cosity and composition, and the finite deformation it
undergoes under regional stress before complete crystalli-
zation. Generally, the AMS of plutonic rocks whose mag-
netic fabric was produced through magma flow are
characterized by a low anisotropy degree which overlaps
with that of volcanic rocks and undeformed sediments,
and the shape of their AMS ellipsoid ranges from oblate
to prolate according to the local character of the magma
flow; the magnetic foliation is parallel to the flow plane
and the magnetic lineation is parallel to the flow direction.

Conversely, the AMS of plutonic rocks which cooled
under high temperature and pressures in the lower levels
of the crust and are associated with metamorphic rocks
may have a high anisotropy degree mostly determined
by ductile deformation, which is a relatively efficient
mechanism for the reorientation of magnetic minerals.
The magnetic fabric in these rocks usually indicates
a preferred orientation of magnetite minerals that nucle-
ated at a late stage of the geological history of the pluton,
and are therefore younger than the surrounding silicates.
These magnetite grains grew in highly anisometric
intergranular spaces and show therefore a high degree of
shape anisotropy. This magnetic fabric is usually termed
as mimetic magnetic fabric.

In deformed rocks, AMS analyses are used to evaluate
the orientation of the strain ellipsoid (e.g., Borradaile,
1991; Hrouda, 1993; Borradaile and Henry, 1997;
Borradaile and Jackson, 2004). In fact, AMS analysis is
a very sensitive tool for the detection of rock strain, even
in weakly deformed sediments and where other strain
markers are scarcely developed or even totally absent.

AMS studies in nearly undeformed sediments have also
been used as a tool for recognizing intervals affected by
significant coring-induced deformation and assess the reli-
ability of paleomagnetic data derived from such sediments
(e.g., Rosenbaum et al., 2000).

AMS is extremely sensitive to incipient strain and it
develops well before other macro- and mesoscopic strain
features, such as cleavage, can be observed. As a matter
of fact, the preferred orientation of phyllosilicate grains
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in mudstones may reflect the strain produced by compac-
tion and tectonic processes. If there is a stress field acting
on a sediment, causing progressive strain, the primary
magnetic fabric is modified according to the nature and
the extent of the deformation (e.g., Graham, 1966; Lee
et al., 1990; Sagnotti and Speranza, 1993; Sagnotti et al.,
1998; Parés et al., 1999; Parés, 2004) (Figure 7). The first
effect of strain upon such undeformed-compactional AMS
fabric is to induce the clustering of the kmax axes in the
direction of maximum stretching, which is roughly per-
pendicular to the maximum compressive stress. The rota-
tion of platy grains around the intermediate strain axis
makes the planar bedding fabric less pronounced. Any-
way, at such very first stage of deformation the kmin axes
are still normal to the bedding. AMS studies carried in
clayey and weakly deformed sediments pointed out
a significant relationship between the magnetic fabric of
apparently undeformed clays and the tectonic history of
the sedimentary basins in which they were deposited,
including compressional as well as extensional tectonic
settings (e.g., Sagnotti et al., 1994; Mattei et al., 1997).
In such sediments the magnetic foliation generally indi-
cates the sedimentation-compaction plane, whereas the
magnetic lineation is perpendicular to the shortening
direction in the compressional settings and parallel to the
stretching direction in the extensional settings. The mag-
netic lineation found in macroscopically undeformed
Compaction Pencil structure
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Magnetic Anisotropy, Figure 7 Schematic representations of the s
development in progressively deformed sediments in a compressio
fine-grained sediments from extensional settings develops
from the spatial distribution of the basal planes of the para-
magnetic phyllosilicates of the clay matrix and is parallel
to the common axis of differently oriented basal planes
(Cifelli et al., 2004, 2005). A further increase of strain
under compression causes the dispersion (scattering) of
the kmin axes in such a way that they tend to describe
a girdle normal to the kmax cluster: the AMS ellipsoid
becomes prolate and the primary depositional fabric is
progressively obliterated and overprinted by a tectonic
fabric (Figure 7). Mineral rotations are sufficient at this
stage to produce a fabric strong enough to impart the
well-known “pencil structure.” Further increasing strain
occurs entering in the field of metamorphism and leads
to the progressive return of the AMS ellipsoid into the
flattening field. Mineral rotation leads to the production
of an imperfectly formed cleavage crossing bedding,
called embryonic cleavage. A cleavage stage is achieved
when the tectonic strain imprint is sufficiently strong to
form a dominant planar cleavage fabric, where platy and
acicular minerals are oriented in this cleavage plane.
The magnetic foliation plane that develops at this stage
is parallel to the plane of cleavage or schistosity visible
in the rock. With increasing strain, the planar cleavage
and lineation are intensified, this last one very close to
or parallel to the strain maximum stretching direction
(Figure 7).
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The AMS of metamorphic rocks is generally consider-
ably higher than the AMS in undeformed sedimentary
and volcanic rocks. As a matter of fact, the mechanisms
of ductile deformation and recrystallization operating dur-
ing metamorphism (e.g., diffusion, crystal plasticity, par-
ticulate flow, neomineralization) may be very effective to
determine a preferential orientation-distribution of mag-
netic grains. In rocks with strong tectonic fabrics the prin-
cipal directions of susceptibility and of finite strain
coincide and a quantitative genetic relationship between
strain and AMS has been pointed out in some cases (see
reviews by Borradaile, 1988 and Borradaile and Jackson,
2004). Nevertheless such relationships are not universal
and strain-AMS relationship or correlations found under
certain circumstances and lithologies cannot be extrapo-
lated to different situations.

A magnetic fabric is defined normal when the principal
magnetic axes correspond one by one to the petrofabric
axes. An inverse or intermediate magnetic fabric occurs
when the magnetic susceptibility principal axes exchange
their position. Inverse AMS fabrics are associated with the
prevalence of certain magnetic minerals (see Rochette
et al., 1992, 1999). Specifically, some minerals posses an
inverse AMS fabric related to their shape (e.g., goethite
and tourmaline) or to intracrystalline gliding during duc-
tile deformation (e.g., siderite and other iron-bearing
carbonates). Moreover, SD ferrimagnetic particles with
prolate shape anisotropy may originate an inverse mag-
netic fabric as well. As a matter of fact, pseudo single
domain (PSD) and multidomain (MD) particles of a ferri-
magnetic mineral such as magnetite have a maximum sus-
ceptibility parallel to their long (easy) morphological axis,
while a stable single domain (SD) magnetite particle,
whose magnetization is always saturated along its long
axis, has a maximum susceptibility value perpendicular
to it (Stephenson et al., 1986; Potter and Stephenson,
1988). Even if inverse and anomalous AMS fabric are rel-
atively rare in nature, in all cases when AMS directions
cannot be correlated with obvious structural markers,
the mineralogical source of the AMS should be closely
investigated and the AMS compared with other types of
magnetic anisotropy (i.e., the anisotropy of artificially
induced magnetic remanences).
Anisotropy of the magnetic remanence (AMR)
AMS represents the sum of the susceptibility anisotropies
of all the mineral components in a rock, including the dia-
magnetic and paramagnetic fractions. The studies on the
AMR are directly relevant to paleomagnetic studies (as
early recognized by Fuller, 1960, 1963), since they only
measure the anisotropy of the remanence carrying parti-
cles. AMR studies also have a large spectrum of applica-
tion in geological sciences (e.g., see reviews by Jackson,
1991; Potter, 2004; Hirt, 2007).

In fact, AMS may be inappropriate for the purposes of
correcting paleomagnetic data, since it depends critically
on the size of the remanence carrying particles. One of
the advantages of AMR is that it precludes the effect of
inverse AMS fabric due to single domain magnetites
(Stephenson et al., 1986), since the grain long axis is the
axis of maximum remanence irrespective of particle size.
The most common AMRs are anisotropy of anhysteretic
remanence (AARM), anisotropy of isothermal remanence
magnetization (AIRM), and high-field magnetic anisot-
ropy (HFAMS).
AARM: anisotropy of anhysteretic remanence
The anisotropy of anhysteretic remanence (AARM) is the
most commonly studied anisotropy of remanence. An
anhysteretic remanent magnetization (ARM) is acquired
by a sample when it is simultaneously exposed to an alter-
nating magnetic field with decreasing amplitude (usually
with a maximum peak in the range 10–100 mT) and
a steady DC magnetic field (typically values close to the
intensity of the geomagnetic field, e.g., about 50–100 mT).
Prior to acquisition of the ARM, the specimen should be
demagnetized in an AF peak higher than that used for the
ARM acquisition, and its residual remanence measured as
a baseline. Then the ARM is imparted and computed as
the difference between the measured remanence and the
baseline.

There are two principal advantages of using ARM for
the characterization of the anisotropy of the remanence:
(1) the acquisition curve of ARM vs DC field is expected
to be linear in the range of low DC magnetic field com-
monly employed, (2) a window of AC field can be used
to impart ARM. In fact, by measuring different windows
of coercivity (partial AARM), one can expect to charac-
terize different subpopulations (size and shape) of ferro-
magnetic grains.

The ferromagnetic particles that define the AARM ten-
sor may have a broad range of grain sizes.

Since there is a strong empirical correlation between
partial anhysteretic remanence (pARM) and magnetite
grain size (e.g., Dunlop and Özdemir, 1997), it is possible
to isolate the AARM tensor associated with distinct
populations of grains by using partial rather than total
anhysteretic remanence anisotropy. This can be done by
imparting a magnetization to a specific particle fraction
during anisotropy determinations. In this regard, Jackson
et al. (1988) first documented multiple AARM magnetic
fabrics for the same sample by using different windows
of coercive field. They called this partial anisotropy of
anhysteretic remanent magnetization (pAARM).

Observed AARM indicates possible anisotropy in
acquiring NRM. This provides a warning that the rock
might not be an accurate paleomagnetic recorder. Measur-
ing the AARM thus provides a fast and reliable method to
correct paleomagnetic deviation in rocks. In sedimentary
rocks, AARM has been proposed to provide a quantitative
correction for inclination error (e.g., Jackson et al., 1991;
Kodama and Sun, 1992; Deamer and Kodama, 1990;
Collombat et al., 1993; Hodych et al., 1999; Tan and
Kodama, 2002; Tan et al., 2003; Vaughn et al., 2005),



MAGNETIC ANISOTROPY 727
and to correctly evaluate the amplitude of paleosecular
variation recorded in volcanic rocks (e.g., Gattacceca
and Rochette, 2002).
AIRM: anisotropy of isothermal remanent
magnetization
Another type of magnetic anisotropy is the anisotropy of
isothermal remanent magnetization (AIRM) (Jelínek,
1966). In order to study the IRM anisotropy, a sample is
successively subjected to a pulse magnetic field (with
intensity generally of the order of 5–60 mT) in several
appropriate directions and the acquired IRM is measured.
As for the study of the anisotropy of ARM, before the
measuring process and after each magnetization step
the sample is AF demagnetized. The determination of
the IRM anisotropy makes it possible to study the ferro-
magnetic fraction of a rock separately from the contribu-
tion of the paramagnetic and diamagnetic matrix.

Although usually successful, AIRM risks nonlinear
susceptibility effects where strong magnetic field is
required.
HFAMS: high-field magnetic anisotropy
High-field methods are used to separate the AMS due to
ferromagnetic minerals from the AMS due to diamagnetic
and paramagnetic minerals (e.g., Hrouda and Jelínek,
1990; Martn-Hernandez and Hirt, 2001). These methods
are based on the field dependence of the magnetic suscep-
tibility and rely on the different response of ferromagnetic
and paramagnetic minerals to large applied fields, that is,
large enough to saturate the ferromagnetic mineral frac-
tion. For rocks that have both ferromagnetic and paramag-
netic minerals, changes in magnetization at fields greater
than ferromagnetic saturation are due primarily to the
paramagnetic susceptibility.

The high-field magnetic anisotropymeasurements have
been made using torque magnetometers (e.g., Banerjee
and Stacey, 1967; Bergmüller et al., 1994) or a high-field,
rotating sample, cryogenic magnetometer (Rochette and
Fillion, 1988). Although these techniques have great
potential to separate paramagnetic and ferromagnetic fab-
rics, torque magnetometers and high-field cryogenic mag-
netometers are not available in most magnetic laboratories
and HFAMS is not routinely applied.
Summary
Magnetic anisotropy is an essential property of rocks and
minerals.

The AMS of rock specimens can be determined with
a high degree of precision and the method is sensitive,
rapid, and nondestructive. The study of AMS is a funda-
mental tool of petrofabric analysis, which has the potential
to recognize even subtle preferred orientations of mineral
lattices or shapes and to infer the causative processes,
ranging from the effects of paleocurrents in undeformed
sediments to pervasive strain in deformed rocks. As such,
it has a wide range of applicability in the Earth Sciences.

The AMR instead refers to the preferential orientation-
distribution of the ferromagnetic grains only. The tech-
niques to determine AMR are time consuming because
artificial remanences must be applied and then removed
along each measurement axis. The study of AMR is more
directly relevant to paleomagnetic researches since it may
provide a tool to correct paleomagnetic deviations in all
cases when the direction of the magnetic remanence is
deflected from the direction of the magnetic field in which
it was acquired.
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Definition
Magnetic anomaly. On Earth, magnetic anomalies are
defined as the vector or scalar difference between the mea-
sured magnetic field and an estimate of the main field.
Magnetic anomalies are commonly assumed to reflect
the magnetic properties of rocks lying in the Earth’s crust.
Introduction
The Earth’s magnetic field is the vector sum of fields of
internal and external origins that operate on a wide range
of spatial and temporal scales (Hulot et al., 2007). On
Earth, the three major sources are the main or core field,
which is generated by electrical currents in the liquid outer
core, the lithospheric also referred to as crustal field,
which results from magnetized materials in the outer layer
of the Earth, and the external fields produced by currents
in the ionosphere and the magnetosphere. An anomaly
field approximates well the magnetic field of the Earth’s
lithosphere only if the main and external fields have been
corrected to an accuracy comparable to the data noise.
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When the magnetic field is known on the surface of
a sphere, the magnetic potential field may be expressed
in current free regions as the vector B ¼ �HV ðr;y;f; tÞ
with the scalar potential V expanded in terms of Spherical
Harmonics (SH)

V ðr; y;f; tÞ ¼ a
X?
n¼1

Xn
m¼0

a
r

� �nþ1
gmn ðtÞ cos mfð Þ�

þ hmn ðtÞ sin mfð Þ�Pm
n cos yð Þ

þ a
X?
n¼1

Xn
m¼0

r
a

� �n
qmn ðtÞ cos mfð Þ�

þ smn ðtÞ sin mfð Þ�Pm
n cos yð Þ:

(1)

The parameters a, r, y, and f are the Earth’s reference

radius (6,371.2 km), the radius, the co-latitude, and
the longitude, respectively. The internal (gmn ,h

m
n ) and

external (qmn ,s
m
n ) coefficients may be time varying

and are expressed in [nT] with respect to the shell of radius
r = a. In geomagnetism, Pm

n cos yð Þ is the Schmidt semi-
normalized associated Legendre function of integer
degree n and order m. The spatial power spectrum of the
internal field is defined by (Lowes, 1974)

Rn ¼ ðnþ 1Þ a
r

� �2nþ4Xn
m¼0

gmn
� �2 þ hmn

� �2h i
; (2)

with Rn expressed in nT². The power spectrum provides an
estimate of the contribution of each SH degree n to the
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Magnetic Anomalies, Interpretation, Figure 1 Geomagnetic field p
and (solid line) at 0 km above the Earth’s mean radius (After Maus,
square amplitude of the observed magnetic field of inter-
nal origin at the radius r. The horizontal spatial wave-
length l in kilometers [km] at the Earth’s mean radius a
associated with each degree n, is defined by (Backus
et al., 1996, p. 101)

l ¼ 2pa
n

Figure 1 displays the power spectrum of an internal

model expanded to SH degree n = 720 (Maus, 2010). It
is derived from satellite, airborne and ship measurements
(Geomagnetic Field, Measurement Techniques). The
break in slope of the power spectrum indicates that
long-term dynamo processes (the core field and its secular
variation; see Geomagnetic Field, Secular Variation)
dominate the Earth’s lithospheric field at least up to SH
degree 13–15. The magnetic field of the Earth’s core is
thus not accurately represented by its dipole term only.
Prior to epoch 2000.0, International Geomagnetic Refer-
ence Field (IGRF) models were derived to SH degree
10, and 13 thereafter (Geomagnetic Field, IGRF).
When processing datasets collected at different epochs,
disagreements between, or inaccuracies of, core field
models lead to different anomaly field pictures. The geo-
metrical attenuation of SH harmonics with increasing alti-
tudes is important and represents the main impediment to
the detection of the lithospheric field at all scales. The
fast coalescence of small-scale anomalies with altitude
demonstrates that different platforms of magnetic mea-
surements at different altitudes do not detect the same
102
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ower spectrum to SH degree 720 at 400 km altitude (dashed line)
2010).
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properties of the anomaly fields. Techniques for preparing
an anomaly map of model at space or near-surface alti-
tudes include removing the best estimates of fields not
originating in the Earth’s lithosphere, including their slow
and rapid time variations, selecting suitable subsets of
quiet-time data and averaging a large number of data to
better highlight the finest permanent crustal field struc-
tures. A magnetic anomaly thus depends on altitude and
on the care taken to remove all field contributions not orig-
inating from the lithosphere, which is strongly related to
the advances made toward analyzing and understanding
the Earth’s magnetic field as a whole.
The sources of crustal and lithospheric fields
When the errors incurred in correcting the data for core
and external fields are mitigated, the anomaly field is
assumed to have sources in the crust (Continental crustal
structure) or sometimes even deeper in the lithosphere
(Continental Lithosphere: Thermal Structure).

The subject of rock magnetism is complex (Dunlop and
Özdemir, 2007) but the general mechanisms are well
known. The amount of magnetization carried by a rock
depends on many parameters such as size, shape, mineral-
ogy, domains, and temperature (Magnetic Domains).
Most magnetic minerals on Earth are titanomagnetite
and titanohematite, for which the Curie temperatures are
between 580
C and 670
C (Curie temperature). Curie
temperatures are met at depths of about 30 and 7 km, in
stable continental and oceanic regions, respectively.
Deeper rocks are considered nonmagnetic even though
the Curie depth may penetrate the lithosphere. The min-
erals found in the Earth carry both permanent, Mr (see
Remanent Magnetism) and induced magnetizations, Mi.
The magnetization Mr, arises when a main field is locked
into the material when, for example, the temperature of an
igneous rock decreased below the Curie temperature of its
magnetic phase. The magnetic field generated by rema-
nent magnetization is a small fraction of the ancient mag-
netic field, whose direction may be very different from the
contemporary field, both because of rock reorientation to
their present positions and because of changes of the main
field directions over geological times (see Geomagnetic
Field, Polarity Reversals). The ease with which the mag-
netization of a material can be induced depends on the
magnetic susceptibility k such that m0Mi = kB, where Mi
is the vector of induced magnetization, B the inducing
ambient field, and m0 the magnetic permeability of free
space. Susceptibility values vary with rock types. They
are smaller for sedimentary than for metamorphic rocks,
themselves lower than igneous rocks. In all cases, the
induced magnetization produces a field much less intense
than the inducing field. Since the Earth’s core magnetic
field does not vary significantly on a decadal timescale
(Geomagnetic Field, Secular Variation), the induced lith-
ospheric field is quasi-static over historical times. The
total magnetizationM=Mi +Mr thus points in a different
direction from both the present and ancient fields.
The Königsberger ratio Mr/Mi measures the relative
importance of remanent to induced magnetization. Since
we measure the magnetic fields resulting from magnetiza-
tion rather than magnetization itself, it is difficult to
resolve it into its induced and remanent components with-
out collecting rock specimens and measuring their mag-
netic properties. The Königsberger ratio is generally
large for oceanic rocks. Thanks to the rather homogeneous
nature and structure of the oceanic crust (see Lithosphere,
Oceanic), inferring the remanent magnetization over an
entire oceanic chrons by interpolating the magnetic
properties of a few distant samples is achievable (see
Paleomagnetism, Principles). In contrast, it is almost
impossible to predict the remament magnetization over
continents. The Königsberger ratio is there anyway small
because rock materials contain coarse magnetite grains.
Common practice is thus to disregard remanent magneti-
zation on continental areas and to consider induced mag-
netization negligible on oceans.

Important theorems show that not all magnetization dis-
tributions, in particular the uniform distribution (Runcorn,
1975) or contrasts oriented North–south near the Equator,
produce magnetic fields above the Earth’s surface. The
spatial variation of the crustal magnetic field reflects lat-
eral contrasts of magnetization rather than magnetization
itself. Two adjacent geological units having both strong
but comparable susceptibilities may produce magnetic
field variations comparable to a body with lower magneti-
zation but surrounded by sediments, for instance. There-
fore, obvious outcropping geological features do not
necessarily have a detectable magnetic signature and inter-
pretations of magnetic maps are nonunique.
Measuring magnetic anomalies from planes
and ships
Inland measurements are available but cover very small
areas only (a few tens of meter squares). Near-surface sur-
veys are routinely undertaken for mineral and hydrocar-
bon exploration and sometimes for basic research.
Airborne magnetic surveys are generally carried out to
support mineral and petroleum exploration and aid in sub-
surface geological mapping (Magnetic Methods: Air-
borne). These surveys are generally executed in a regular
pattern at some hundred meters altitude above mean ter-
rain clearance, with a horizontal distance about twice as
much as the aircraft altitude (Reeves, 2005). The flight
lines are oriented perpendicular to the geological strike
directions to detect better the magnetic contrasts. For
reconnaissance mapping of large regions (e.g., states,
countries) typical line spacing is 1-km kilometer at alti-
tudes above the sea level ranging between 1 and 5-km.
More widely spaced segments crossing the flight lines at
right angles are then used to correct the scalar data for off-
sets caused, either by magnetic field time variations, or by
measurement errors. Local and regional surveys do not
detect the same magnetic anomalies (Figure 1). Low alti-
tude surveys provide locally detailed profiles but little
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information about the magnetic structures exceeding the
survey dimension. Likewise, high altitude surveys provide
a synoptic view of the magnetic anomalies but generally
miss the features with length scales smaller than the alti-
tude and larger than the survey area. Near-surface mea-
surements are carried out during days. Marine and
aeromagnetic surveys provide raw total field intensity data
and more rarely vector measurements because the refer-
ence frame is not sufficiently stable.

The anomaly field is defined by correcting the raw data
for a main field model, in general an International Geo-
magnetic Reference Field model (Geomagnetic Field,
IGRF), or simply a regional trend, and then for external
field variations that occurred during the survey. Current
practice is to use the magnetic records of magnetic obser-
vatories or a nearby ground station purposefully set up for
the survey to monitor the Earth’s magnetic field, to iden-
tify the disturbances and eliminate spikes, and to correct
ultimately for the diurnal magnetic field variation. The
final product is a map of anomaly values, reaching up to
a few thousands nanotesla in amplitude, built by interpola-
tion between data points and leveled to a common altitude
onto a regular grid. An anomaly map build upon the com-
pilation of various surveys displays crustal features with
typical spatial scales from kilometers to hundred kilome-
ters (Figure 1). They mostly highlight the magnetic prop-
erties of the upper crust.
Satellite measurements
Large geologic structures with dimensions of a few hun-
dred kilometers can be inferred from Low Earth Orbiting
(LEO) satellites. Satellites provide scalar and vector
homogeneous measurements at the Earth’s scale
(Magnetic methods, satellite). The lithospheric field is
one of the weakest detectable source at the satellite alti-
tudes. It represents less than 0.1% of the full signal, on
average (Figure 1), and magnetic anomalies rarely exceed
20 nT at 400-km altitude (Magnetic Methods, Satellite).
Satellites are also closer to (and sometimes fly through)
the ionospheric sources and are more sensitive to the
external field than the ground-based measurements. Mea-
surements of satellites may be exploited to co-estimate the
core and the lithospheric field in SH. This considerably
reduces the error introduced by correcting the data with
an independent core field model such as IGRF. Satellites
also allow to select nighttime measurements, which per-
mits to disregard the diurnal external magnetic field; the
counterpart being that a stacking of systematic errors
may be caused by local external fields unidentified on
Earth on the nightside. The corrected data represent vector
magnetic anomalies expressible in terms of SH. Such
models are easily upward or downward continued to any
spherical surface.

A satellite is constantly moving along its orbit and such
displacements may be interpreted in terms of spatial or
time-varying magnetic fields. Attitude uncertainties of the
spacecraft, time errors, misalignment of magnetometers,
and the absence of baseline control introduce a total error
whose magnitude is enhanced by the spacecraft velocity.
At about 7.5 km s�1 at 400 km altitude for the CHAMP sat-
ellite (Reigber et al., 2002), such uncertainties can convert
into a few nTerror. The absence of traverse lines also intro-
duces East–west artificial offsets that may easily be con-
fused with genuine anomalies (Thébault et al., 2010). For
this reasons, only long periods of observations allow
improving the signal-to-noise ratio. After a few years of
measurements, it is generally accepted that lithospheric
field models are robustly described to about SH degree 60
only because the signal drops into the noise somewhere
between SH degree 60 to 90 (Figure 1). However, recent
measurements acquired at 350-km altitude improved our
view of the Earth's lithospheric field down to 350-km spa-
tial wavelenghts (Maus et al., 2008) although these finer
structures have not yet been ascertained by independant
approaches. Magnetic anomaly maps obtained from space
provide a statistical view of the entire crust down to the lith-
osphere (Langel and Hinze, 1998).

Aeromagnetic and satellite data offer a complemen-
tary view of the lithospheric field, yet incomplete. We
remain partly blind for the wavelengths between 200 and
400 km. Such wavelengths could be in principle registered
by stratospheric balloon at 20–30 km altitude but con-
trolling the airship route is challenging. Thus, current
efforts focus instead on ways to improve the resolution
achievable from space by considering gradient measure-
ments and constellation of satellites (Friis-Christensen
et al., 2006).
World magnetic anomalies – WDMAM
For scientific purposes, it is essential to map the data over
long distances, in order to evaluate the crustal structures,
to understand the geological processes, to establish tec-
tonic models of continental and oceanic crust, to enable
paleo-reconstructions, and to contribute to geodynamic
models. The merging of ground, near-surface, and satellite
measurements is a way to access this multi-scale view of
the Earth’s lithospheric magnetic field. The World Digital
Magnetic AnomalyMap (WDMAM) project is an interna-
tional effort directed toward compiling magnetic anomaly
data available in the public domain (Khorhonen et al.,
2007). WDMAM 1.0 is based upon more than 50 years
of aeromagnetic and marine surveys and provides a three
arcmin spacing grid at 5 km altitude (Figure 2). It relies
on published continental-scale compilations derived by
independent groups (e.g., the North Atlantic Magnetic
Anomaly Group NAMAG, or the Antarctic Digital
Anomaly Map, ADMAP), as well as upon independent
contributions from countries and individuals. Several
mergers were tested and led to different candidate grids
for the WDMAM 1.0. This difference illustrates the diffi-
culty of blending such a variety of datasets. Continuous
efforts are being made to improve the quality and the data
coverage and will benefit WDMAM 2.0, which should be
released in 2011.
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Qualitative interpretations
Most susceptibility contrasts may give rise to a magnetic
field detectable by a magnetometer (Geomagnetic Field,
Measurement Techniques). An exhaustive review of qual-
itative magnetic anomaly map interpretation is impossi-
ble. Magnetic surveys are traditionally acquired for
resource exploration in order to detect ore bodies, but also
oil and natural gases, which are trapped in sedimentary
basins. Magnetic maps are also useful to track anthropo-
genic buried materials, like unexploded bombs, hidden
weapons, abandoned oil wells, but may also be used for
guiding archaeological excavations, for instance.

At a regional scale, mapping the patterns of magnetic
anomalies is a very effective way of reconnoitering large
areas of geology virtually everywhere (Purucker and
Whaler, 2007), in remote regions where rock outcrop is
absent and bedrock covered by glacial, sand, vegetation,
or water overburdens. In particular, the interpretation of
magnetic anomalies over oceans was crucial to the devel-
opment of the plate tectonics paradigm (Vine and
Matthews, 1963). Over continents, tectonic processes are
detailed in a magnetic anomaly map because they are
responsible for the creation, destruction, and movement
of magnetic materials within the lithosphere of the Earth
that modify preexisting magnetic signatures. New mag-
netic contrasts are created by volcanism and related igne-
ous processes such as dike emplacement, rifting, and
faulting.

At a continental scale, magnetic anomalies are
particularly prominent over the main old and cold conti-
nental masses in Africa, Antarctica, Asia, Australia,
Europe, Greenland, India, and North and South Americas
(Figure 2), and comparatively weaker over younger and
hotter oceans. The largest magnetic anomaly features
correlate well with cratons, Precambrian and Paleozoic
provinces. Within each structure, magnetic anomalies of
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smaller extension like mobile belts, collision zones, and
volcanic areas can be characterized. Crustal thickness
variations at continent ocean boundaries and large subduc-
tion zones are also sometimes outlined. Large magnetic
anomalies often correlate with plate boundaries and
seismotectonic activity around the world. Reconstructions
of wide separated geological units or rotated blocks make
extensive use of the seafloor stripes and transform faults.
Quantitative geological interpretations
Interpretation of magnetic maps is nonunique because
potential theory shows that a single magnetic anomaly
can be caused by an infinite variety of magnetized bodies.
Quantitative analyses such as depth, shape, and position of
a magnetized body require drastic assumptions or signifi-
cant a priori information derived from other geological
and geophysical results. Locally, on continents, a quantita-
tive description of a magnetized body is performed (1) by
planar geometry and by using processing techniques
inherited from Fourier analyses; (2) by setting a distribu-
tion of equivalent magnetic poles in the subsurface and
interpreting the observed anomaly in terms of inducing
field; (3) by analyzing only simple regular anomalies
(Magnetic Anomalies of Simple Geophysical Models).
The picture of a magnetic anomaly is generally more
understandable after a pole reduction that transforms an
observed magnetic anomaly into the anomaly that would
be measured at the north magnetic pole. The pole reduc-
tion method relocates the magnetic anomalies so that its
maximum lies in the middle above the magnetized body,
thus making magnetic interpretation easier. The flank of
anomalies may also be clarified by upward and downward
continuation and quick depth estimations are empirically
obtained by computing the map of the magnetic anomaly
derivatives. Baranov (1975) summarizes these techniques.

When the geometrical parameters are bounded, the
magnetization of the body can be found by trials and errors
and its rock type can be subsequently inferred from a table
of rock magnetization (see Magnetic Domains). The
magnetic field anomaly created by a simple geometric
body at depth (Magnetic Anomalies of Simple Geophysical
Models) is compared to the measured anomaly field until
the residuals between both is comparable to measurement
errors. In some areas, interpreting individually each mag-
netic anomaly is not feasible, particularly if the geophysical
body has no simple geometry. In such cases, the ambigui-
ties in interpreting the magnetic anomaly maps can be
reduced only by requesting guidance from other disciplines
like, gravity, seismic, geology, etc.

The systematic recourse to integrated geophysical
information led to some successes in interpretingmeasure-
ments from space at the global scale. Simplifying assump-
tions are easier to justify from space because of the
measurements altitude and their horizontal spatial resolu-
tion. In particular, the magnetization can be assumed to
vary laterally and be constant in a crustal layer of varying
thickness because at 400 km altitude, the Earth’s crust
appears as a thin layer within which we cannot distinguish
between the different sources depths and the problem can
be solved in two dimensions only.

Maus and Haak (2003) verified that, statistically, the
lithospheric magnetization was indeed mostly induced
over continent and remanent over oceans at satellite alti-
tudes. For this reason, it makes sense to assume over con-
tinents that the anomaly source is due to an array of
equivalent dipole with moments aligned along the main
core field. The bare thickness contrast between continental
(	40 km) and oceanic (	7 km) crusts of uniform, but dif-
ferent, susceptibility values, generates magnetic anomaly
field that are seen in magnetic field measurements (Counil
et al., 1991). This shows that magnetic crustal thickness
plays a significant role in the dichotomy between oceanic
and continental magnetic signals observed at satellite
altitudes (see Magnetic Methods, Satellite, Figure 1).
Cohen and Achache (1994) went a step further and intro-
duced a model of oceanic topography to estimate a more
realistic crustal thickness in some oceanic areas; they
could explain the magnetic anomalies observed over oce-
anic plateaus. On ocean bottoms, remanent magnetism
predicted by Dyment and Arkani-Hamed (1998) explains
well large magnetic signatures over superchrons in the
North Atlantic and Indian oceans. Hemant and Maus
(2005) synthesized these induced and remanent studies
in a unique model in order to predict the lithospheric
magnetic field anomalies at the altitude of the CHAMP
satellite and could show that our understanding of the
Earth’s magnetic lithosphere was statistically reasonable.

Following the same scheme, the magnetic crustal thick-
ness can be estimated by trials and errors by iterative com-
parisons between such predicted anomaly fields with real
satellite magnetic anomalies. The solution shown in
Figure 3 provides an estimate of the magnetic crustal
thickness of the continents, thus a statistical estimate of
the Curie depth (Purucker et al., 2002). The magnetic lith-
osphere is bounded at depth by temperatures and the mag-
netic crust can be related to thermal processes. Such
picture shows, for instance, that despite a thick crust under
the Tibetan plateau, the magnetic crust is there thinner
because of enhanced heat flows. To some extent, the aver-
age heat flow (Fox Maule et al., 2005) may be estimated
from the magnetic crustal thickness. However, it requires
simplifying assumptions about the thermal state of the
continental crust and a starting model to constrain the lon-
gest wavelengths of the lithospheric field, in excess of SH
degree 15 (	2,900 km), which are difficult to assess
because they are dominated by core field processes as is
shown in Figure 1.

Quantitative interpretations of magnetic anomalies are
thus possible although non-unique. Unfortunately, there
is currently no alternative between analyzing aeromag-
netic data assuming planar geometries and studying satel-
lite data using spherical harmonics and equivalent dipole
techniques. This lack of joint processing is explained by
the poor compatibility between near-surface data and sat-
ellite data.
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Summary
On Earth, a magnetic anomaly is defined with respect to
the core and external fields. Magnetic anomaly maps
give the essence of the crustal magnetic field that in turn
provides useful geological information about the magneti-
zation of rocks in the subsurface. Characterizing the
anomaly field and depicting all spatial dimensions is not
simple as data processing leading to anomaly maps differ
with altitudes and epochs. Nowadays, the main sources of
discrepancies are the rapid temporal changes of the exter-
nal magnetic field that are poorly understood. The lack of
data at intermediate altitudes is the main impediment to
the reconciliation between near-surface and satellite-based
anomaly maps. There is indeed little overlap between the
wavelengths measured by satellite and airborne surveys
and even between the communities involved in their anal-
ysis. Current efforts are being made to reprocess ancient
aeromagnetic and marine data, and to acquire unprece-
dented high-resolution magnetic data. This should ulti-
mately provide us with a complete view of the magnetic
crust and thus prompt for novel joint analysis techniques.
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Synonyms
Magnetic data processing

Definition
Magnetic data are measurements of the magnetic field
(generally of its intensity). Corrections of magnetic data
are processing operations designed to remove unwanted
features in the data. Enhancements of magnetic field data
are processing operations designed to preferentially
accentuate the expression of a selected magnetization at
the expense of others.

Introduction
Measurement of the earth’s magnetic field is used in
exploration geophysics as a remote-sensing method to
investigate subsurface distributions of magnetization (see
Magnetic Methods, Surface). The measurements require
correction to eliminate artifacts and to remove the primary
core field of the earth, thereby improving the expression of
local field variations due to upper crustal magnetizations.
These corrections are applied to produce clean and robust
output suitable for interpretation (see Magnetic Anoma-
lies, Interpretation). For specific interpretation objectives,
enhancements are also applied to the data to increase the
expression of selected sources at the expense of others.

The strong linkage between electricity and magnetic
fields allows the development and calibration of magne-
tometers that supply absolute measurements of the mag-
netic field (see Magnetometers). Most processing
corrections are designed to safeguard this integrity of data
values and provide data suitable for input to modelling and
inversion. Conversely, some enhancement operations dis-
tort the data, and care must be taken to ensure that
enhanced data is not used inappropriately.

Most magnetic field measurements are of the strength
of the field, termed “total magnetic intensity” or TMI.
Although these measurements are commonly treated as
a scalar, it is important to remember that they are the
amplitude of a vector, that the direction of that vector is
also significant, and that in regions of strong fields the
direction may vary across the survey area. The second
most common form of magnetic field measurements are
gradients of TMI, acquired by simultaneous measurement
with two or more TMI sensors at fixed offsets (see
Magnetic Gradiometry). Other forms of magnetic field
data include measurements of the Cartesian components
of the field and of the gradient tensor. Details of correc-
tions and enhancement change only slightly between these
different types of magnetic field measurements. The math-
ematical derivation of many correction and enhancement
operators is presented in “Potential Theory in Gravity
and Magnetic Application” (Blakely, 1996) which pro-
vides an excellent basis to understand this topic. A brief
review by Milligan and Gunn (1997) (http://www.ga.
gov.au/image_cache/GA2486.pdf) is also useful reading.

Standard magnetic data processing corrections
Measurement of the earth’s magnetic field provides a spot
value at a specific time and location. Magnetic field data is
recorded together with ancillary information such as hori-
zontal position, elevation, and time, as required for
processing and interpretation. Corrections of data that
are specific to instrumentation are an integral part of data
acquisition, and are not discussed in this topic. Common
corrections in the processing of magnetic data include
diurnal correction, leveling, IGRF correction, gridding,
and reduction to pole.

Diurnal correction
The earth’s magnetic field is continuously changing (see
Geomagnetic Field, Secular Variation), and this clearly
presents a challenge in mapping spatial variations. Tempo-
ral changes of the magnetic field during the progress of
a survey are generally termed “diurnal” variation,
although this name more correctly describes field varia-
tions specifically at the 24 h rotation cycle of the earth.
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On normal “quiet” days the strength of the geomagnetic
field varies across a range of approximately 50–100 nT.
The amplitude and pattern of diurnal variation are func-
tions of latitude, but vary sufficiently day to day that they
must be measured at a fixed base station for subtraction
from the field data. Surveys presenting the greatest chal-
lenges for diurnal correction are marine surveys away
from suitable locations for a base station or that including
substantial lateral variation in bathymetry or crustal con-
ductivity (which influence diurnal variation through sec-
ondary induction fields). If a simple diurnal correction
is insufficient, a spatial function can be generated from
a distributed network of base stations incorporating time
shifts according to the longitude of the base stations and
the survey measurements.

There are also periods of rapid, high-amplitude varia-
tions in the magnetic field termed “magnetic storms”
which follow periods of high sun spot activity. It is not fea-
sible to accurately correct for field variations during mag-
netic storms, and surveys are generally suspended during
these periods.

Network adjustment (leveling)
Most magnetic field measurements are made sequentially
from platforms moving along a profile. In particular, air-
borne magnetic surveys are generally flown on parallel,
equally spaced flight lines (see Magnetic Methods, Air-
borne). To reduce errors arising from imperfections in
diurnal correction, and to compensate for any residual
platform heading effects, a subset of lines, termed “tie
lines,” is flown perpendicular to the main flight line direc-
tion, at a spacing typically five or ten times larger than for
the flight lines. The purpose of the tie lines is to provide
a set of intersections with the flight lines that can be used
for network adjustment or “leveling” of the data. Network
adjustment progressively changes base levels, gradients,
and curvatures of individual lines and line segments to
minimize the misfit of flight line and tie line measure-
ments across the network of intersection points. Leveling
errors are primarily manifest as sharp field variations
along the axes of the flight lines.

Micro-leveling
The standard network adjustment of data is an empirical,
least-squares optimization which leaves residual errors.
Micro-leveling or “de-correlation” is a grid-based filtering
process designed to attenuate residual level shifts between
adjacent lines. These features are recognized as being par-
allel to the flight line direction and having a spacing
related to the flight line spacing. Any valid magnetic field
variations with similar characteristics will also be attenu-
ated by micro-leveling (although any features parallel to
the flight line direction are always of uncertain validity
and difficult to interpret). Micro-leveling commonly has
the objective of attenuating noise which becomes evident
in the sun-shading of images, or to smooth “herring-bone”
patterns in contour lines. Micro-leveling is also used
to precondition data for subsequent enhancements that
would otherwise include strong expressions of these resid-
ual leveling errors. Micro-leveling improves the quality of
images of the magnetic field, but it also produces poorly
controlled attenuation of the amplitude of field variations,
and should not be used for modelling and inversion
studies.
Elevation correction
Absolute elevation values are much less significant in
magnetic field data processing than in gravity data
processing (see Gravity, Data to Anomalies). The IGRF
definition (see Geomagnetic Field, IGRF) includes eleva-
tion terms, but these only become significant over ranges
much more substantial than those encountered in almost
any survey. More significant to the information content
of magnetic field data is the elevation separation between
the sensor and the shallowest magnetic sources. For this
reason, airborne surveys are commonly flown on drape
surfaces at a nominal terrain clearance. Rugged terrain
clearly increases the problem of drape flying, and rugged
areas are best flown on a compromise, smooth drape sur-
face to reduce abrupt elevation steps from line to line.
Rugged terrain also poses problems for leveling of data
because of difficulties in achieving identical elevations
on flight lines and tie lines at each intersection point.
The most effective way to correct for these elevation dif-
ferences is to re-project data from the sensor elevation
onto a suitable smooth drape surface by using a set of
equivalent sources (Dampney, 1969; Emilia, 1973) to
invert the data, and then forward computing the field from
those sources onto the reference surface.

Terrain correction, used extensively in processing grav-
ity data, is rarely applied to magnetic field data. It is
unusual for terrain to have a consistent magnetization such
that the magnetic field of the terrain can be derived by any
simple integration. Also, the ground surface is only an
effective magnetization contrast over the top of strongly
magnetized bodies, and in situations of deep weathering
or transported cover, the top of any strong magnetizations
may be substantially beneath the ground surface. In areas
of rugged terrain the influence of terrain magnetization
can sometimes be recognized, but these variations are gen-
erally less than those due to variations in separation
between the sensor and the terrain. Typical elevation clear-
ance variations include lower clearance over peaks and
crests than over the flanking slopes, and increased clear-
ance over deeply incised valleys. It is generally this varia-
tion in terrain clearance which carries the danger of
incorrect geological interpretation. For instance, an
increase in terrain clearance causes attenuation of mag-
netic field expressions of shallow sources which might
be misinterpreted as due to zones of alteration and partial
magnetite destruction.

Each magnetic field data channel should be linked to an
elevation channel. For the primary field measurements
this is generally the sensor elevation determined from
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GPS altitude measurements. The smooth drape surface
derived or implicit in leveling the magnetic field data is
the effective elevation of that data for any modelling or
inversion. With some airborne magnetic data no elevation
channel is supplied, and in these cases, the best option is to
derive a synthetic elevation channel by interpolating the
ground elevation (e.g., from SRTM data) onto the lines,
adding the nominal terrain clearance reported for the sur-
vey, and then low-pass filtering. Another situation some-
times faced by an interpreter is to have only radar
altimeter data available. The radar altimeter can be added
to the terrain channel to recover sensor elevation, but
before doing this, the radar data should be carefully
inspected, as it may contain short-wavelength noise which
needs to be smoothed, and possibly spikes or abrupt steps
which must be eliminated.

De-culturing of magnetic field data
The expressions of man-made features in magnetic field
data used for geological studies are termed “cultural”
anomalies, and the process of removing these anomalies
is termed “de-culturing” the data. Anomalies may be rec-
ognized as being man-made by their sharpness, indicating
that they are distinctly shallower than other field variations
in the area, by distinctive characteristics, or by correlation
with mapped man-made features. Automated search algo-
rithms can be used to scan data for possible cultural anom-
alies, but generally removing cultural anomalies is an
interpretive, labor-intensive effort. Removal of cultural
features is best done from the primary data. More general
removal of sharp variations in the data is known as
“despiking.”

Gridding of magnetic field data
Operations through to leveling of the magnetic data are
performed on the primary located data, and key channels
are appended to the data so that changes can be tracked
through the processing sequence. Once data has been
levelled, the next process is generally to grid the data.
Gridding is not a correction process, but is crucial to all
subsequent processing, enhancement, display, and inter-
pretation. Gridding interpolates the data from the mea-
surement locations to nodes of a regular mesh, creating
a new and fundamentally different construct of the data.
Magnetic field data is generally gridded using minimum
curvature operators to cell sizes of 1/4 or 1/5 of the line
spacing. Minimum curvature operators (Briggs, 1974;
O’Connell et al., 2005; O’Connell and Owers, 2008) are
generally implemented as multi-pass functions with con-
trol parameters which can be modified to adjust to differ-
ent data sets. Minimum curvature is an appropriate
imposition on magnetic field data as the magnetic field is
continuous with continuous derivatives. More sophisti-
cated gridding algorithms, such as anisotropic diffusion
(Smith and O’Connell, 2005), can also be justified as sup-
plying superior interpolation of the field, but minimum
curvature is the current industry standard and is adequate
in most situations. Gridding breaks down most readily
for sharp anomalies due to small, shallow sources. For sur-
veys of regular flight line orientation and spacing, this can
occur either where the magnetized unit is particularly shal-
low or where it trends oblique to the flight line direction.
In these situations, the anomaly due to a continuous mag-
netic unit may break down to a “string of pearls” or “bicy-
cle chain” pattern (Figure 1) because of the insufficiency
of the gridding algorithm to interpolate that sharp field
curvature from one flight line intersection to the next.
These artifacts restrict the use of sun-shading to highlight
subtle features in the data and must be removed prior to
any attempt to highlight those details by subsequent
enhancement processing. These gridding artifacts can be
attenuated by re-gridding at a coarser cell-size, or by using
a redesigned gridding operator to produce a smoother,
lower curvature grid. Interpretation of the depth to the
top of a magnetic source is based primarily on the sharp-
ness of curvature of magnetic field variations, and limita-
tions in preserving the sharpest gradients through the
gridding process mean that depths estimated from inver-
sion or modelling of grid data may be overestimated, par-
ticularly for shallow sources.

IGRF correction
Across survey areas of length several tens of kilometers or
more, variations in the earth’s primary field may contrib-
ute significantly to the measured field variations. In order
to emphasize more local field variations due to crustal
sources, the International Geomagnetic Reference Field
(IGRF), a global model of the earth’s magnetic field, is
subtracted from the measured data. The IGRF is not
a separation of field components from specific sources,
but the long wavelength IGRF terms represent mostly core
components and broad, lower crustal magnetizations. The
IGRF is defined and published by the International Union
of Geodesy and Geophysics (IUGG). The 11th generation
model released in 2009 (http://www.ngdc.noaa.gov/
IAGA/vmod/igrf.html) contains coefficients of degree and
order 1–13. (See also entry Geomagnetic Field, IGRF).

Reduction to pole (RTP) transform
The external field of a magnetic body varies substantially
as a function of the local geomagnetic inclination (see
Magnetic Anomalies, Interpretation). The simplest
relationship between the magnetic field and source mag-
netizations occurs at the geomagnetic poles where the
field orientation is vertical (see Geomagnetic Field,
Global Pattern). At the geomagnetic poles, induced
anomalies due to steeply dipping bodies are essentially
positive and are centered above the bodies. The reduction
to pole transform is a fast Fourier transform (FFT) filter
applied to replicate the field variations expected in
a vertical field. The RTP transform is unstable when
applied to low geomagnetic inclination fields (this is gen-
erally perceived to be a problem at inclinations of less than
30
). The severity of the problems depends on data quality



Magnetic Data Enhancements and Depth Estimation, Figure 1 Example aeromagnetic profile over a synclinal fold in the Frew River
area of the Northern Territory of Australia (data courtesy of the Northern Territory Geological Survey and Geoscience Australia). The
TMI image on the right shows a “string of pearls” pattern. The top track of the profile data on the left shows a vertical derivative
enhancement of the measured TMI (black) and model computed TMI (red). The model shown below was generated by inversion to
match these filter enhancements. The mismatch of the measured and model computed TMI in the center track requires addition of
a background or “regional” field. The filter enhancement provides higher resolution for the inversion than is available from the
primary TMI data.
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and sufficiency of sampling, and these problems arise in
particular with any apparent North–South trending fea-
tures in the data. Several methods can be used to overcome
low inclination RTP problems, as reviewed by Li (2008).
In one approach, the RTP filter can be distorted to reduce
the instability. The output of the transform is not strictly
valid, but may have the desired characteristics of a steep
inclination field. Another approach is to use an equivalent
source technique (Guspi and Novara, 2009). The reduc-
tion to equator (RTE) transform also provides a partial
alternative to RTP at low geomagnetic inclinations. The
RTE transform shifts anomalies North–South to be
directly above the source magnetizations, but the East–
West elongation which is a natural characteristic of anom-
alies at low geomagnetic inclinations will be slightly
amplified. Note that RTP or RTE transforms should not
be used in modelling or inversion studies, as forward
modelling algorithms readily incorporate the local geo-
magnetic field direction (although RTP images may help
to approximately locate bodies in starting models).

The commonly used RTP transform requires that the
direction of magnetization be in the local direction of the
geomagnetic field, and for bodies with substantial rema-
nent magnetization (see Remanent Magnetism) in a differ-
ent direction this transform is invalidated. If however
the resultant magnetization direction (the vector addi-
tion of induced and remanent magnetizations) is known
from palaeomagnetic studies, magnetic moment analysis
(Helbig, 1963; Schmidt and Clark, 1998; Phillips, 2005),
or inversions of the magnetic field data, then an alternative
RTP operator can be used which allows for separate spec-
ification of the geomagnetic field and the magnetization
direction (Figure 2). All FFT filters have potential pitfalls,
in part because of the fundamental assumption that the
fields repeat infinitely beyond the sampled area. The
FFT transform requires some processing to address level
shifts between opposite edges of the sample area, and to
pad the sample area with a smooth extrapolation. However
well this is done, the output around the margins of the data
is less reliable than in the center. This problem is of partic-
ular concern with the RTP transform, especially at the
northern and southern edges of the data, and for longer
wavelength field variations that are migrated furthest by
the RTP transform.
The pseudo-gravity transform
Gravity and magnetic fields are linked by the common
fundamental theory of potential fields (see Magnetic
Methods, Principles), as described by Poisson’s relation-
ship (Baranov, 1957). If the direction of magnetization is
consistent, and if there is a constant ratio between density
and magnetization, then the RTP magnetic field and the
vertical gradient of the gravity field are identical. For
any but the simplest geological system, there is no such
reliable linkage between magnetization and density, but
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Magnetic Data Enhancements and Depth Estimation, Figure 2 The top right image is of a TMI anomaly over the Black Hill Norite in
South Australia which is dominated by remanent magnetization (data courtesy of the Department of primary Industries and
Resources South Australia). The contour interval is 200 nT, and the outline is of the source body derived from a staged inversion of the
TMI data using a resultant magnetization direction determined frommagnetic moment analysis. The top right image is of a standard
RTP transform using an incorrect assumption thatmagnetization is in the geomagnetic field direction. The bottom left image is an RTP
which correctly incorporates the resultant magnetization direction to produce a compact, positive anomaly centered over the source
body. The bottom right image is an edge enhancement based on the tilt filter, applied to the resultant magnetization RTP. The
maximum in this filter approximately matches the edge of the computed model.
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nevertheless Poisson’s relationship provides a basis for
converting a magnetic field to an equivalent gravity field
expression. This transform includes an inverse vertical
derivative operation, which amplifies the expression of
longer wavelength components of the field. The pseudo-
gravity transform is sometimes used to apply analysis
and processing techniques developed for gravity data to
the magnetic field data, but this must be done with care.
For instance, the pseudo-gravity transform accentuates
the longer wavelengths of the field, but if the data from
a small survey area is transformed, those longer wave-
lengths are not sufficiently sampled.
Enhancements of magnetic data
Enhancement of magnetic field data applies to any
operation designed to highlight field variations due
to a selected source of magnetization. These operations
include application of various filters and also selection
of display options such as histogram normalization and
sun-shading.

Image display of magnetic field data
The display of magnetic field data is not an operation in
the sense that it changes values of the data, but neverthe-
less it is highly significant in determining how the data is
perceived, and how easily geological information can be
recovered from it. Magnetic field data generally has much
sharper variations than gravity data across the same area,
with much of the amplitude range in only a small subset
of the data. For this reason, magnetic field data is often
displayed using a histogram equalized color stretch,
devoting equal areas of the image to each color band. This
form of imaging provides a much improved representation
of detail across the complete range of the data. Histogram
equalization does however have the drawback that it is dif-
ficult to appreciate the true amplitude range of features or
to compare the relative amplitudes of different features.



MAGNETIC DATA ENHANCEMENTS AND DEPTH ESTIMATION 741
Another important enhancement tool in image dis-
play is the use of sun shading. This process involves the
addition of shadows and highlights to an image to mimic
the illumination of the data surface by a light source.
These highlights and shadows reveal features of shorter
wavelength and more subtle amplitude variation than
can be easily recognized in the color mapping of the
amplitude values. With a vertical light source, the high-
lights appear along the axes of minima and maxima. How-
ever, light sources are generally set to moderate or low
inclinations to produce a stronger, directional enhance-
ment of features trending perpendicular to the illumination
direction. Illumination applied parallel to the flight line
direction minimizes the expression of any residual level-
ing errors.

Vertical continuation of the field
The amplitude of a magnetic field above a source varies
with elevation as an exponential function of wavelength.
This relationship can be readily exploited with FFT filters
to recompute the field at a higher elevation (“upward con-
tinuation”) or lower elevation (“downward continuation”).
Upward continuation attenuates the field through an
increased separation from the magnetization. Conversely,
downward continuation towards the source or sources
amplifies field variations. Upward continuation is inher-
ently stable and acts as a smoothing filter, whereas the
amplification of field variations due to downward contin-
uation becomes unstable at depths approaching the source
depth, or shallower if there is any shorter wavelength con-
tamination of the data. Vertical continuation of a magnetic
field is an enhancement filter because it preferentially
accentuates the fields due to sources of different elevation.
Methods, including equivalent source computations can
be used for continuations in which the input and/or out-
put surfaces are irregular (Hansen and Miyazaki, 1984;
Pilkington and Urquhart, 1990). Upward continuation is
useful for attenuation of fields from shallow magnetiza-
tions to focus on deeper sources, as the effect of the filter
can be properly compensated by changing the elevation
at which the model field is computed.

Vertical gradients of the field
Vertical gradient (or alternatively named “vertical deriva-
tive”) filters preferentially amplify short-wavelength com-
ponents of the field at the expense of longer wavelengths
(Figure 3). Vertical gradient filters are generally applied
to gridded data using FFT filters, and are therefore
influenced by the characteristics of the gridding operator.
Vertical gradient filters can also be applied to profile data
on the assumption that the horizontal gradient measured
along the profile is the only horizontal gradient. In some
cases, this is a poor approximation, but for highly elongate
anomalies, and with profiles approximately perpendicular
to those anomalies, the approximation may be acceptable.
If, furthermore, the magnetic sources are shallow com-
pared to the line spacing of the survey, then there may be
considerably more short-wavelength detail in the profile
data than can be preserved through the gridding process.
Vertical gradient profile filtering can be used to retain
and enhance the shortest measured wavelengths during
modelling and inversion by matching the outputs of the
filter applied identically to the measured and computed
fields (Figure 1). The second vertical derivative is a more
extreme enhancement of a magnetic field. As such, it pro-
vides a more distinctive amplification of fields from shal-
low sources, but simultaneously is more sensitive to any
short-wavelength artifacts in the data. In the event that
a derivative of the field unacceptably accentuates noise
or shallow magnetizations, the data can be preconditioned
with a mild upward continuation before applying the
derivative filter.
Bandpass and matched filters
The general relationship between depth of a source and the
wavelength of its magnetic field can also be exploited to
enhance the expression of sources from particular depths
through bandpass filtering. Short-wavelength field varia-
tions can only be generated by shallow sources, so high
pass filtering attenuates the expression of deep sources,
and conversely, low pass filtering tends to attenuate the
expression of shallow sources. However, bandpass filters
rarely, if ever, provide a comprehensive separation of
magnetic fields from different sources, so their outputs
are not suitable for modelling or inversion studies (unless
the identical filter is applied to the forward computed
model fields).

The power spectrum display of a magnetic field com-
monly consists of segments which approximate to straight
lines, the slope of which may be a function of the depth to
the assemblage of sources whose field contributions dom-
inate that part of the spectrum (Spector and Grant, 1970).
The inspection of a power spectrum can support selection
of cutoff wavelengths for bandpass filtering, with the taper
of the filter also very important. Filters should not truncate
abruptly nor should they target too narrow a band of wave-
lengths. Size, shape, and depth extent of bodies also
strongly influence their magnetic field power spectrum,
and the analysis by Spector and Grant is valid only statis-
tically and for an assemblage of bodies. With some
bandpass filtering, the transform back into the space
domain has been claimed to localize fields from sources
at particular depths, with terms such as “depth slice” and
“pseudo-depth slice.” These filters may produce images
which are useful for interpretation, but any claims that
they effectively invert the magnetic field data to supply
a 3D mapping of magnetization are untenable. Nor does
fitting a straight line to a segment of a power spectrum
prove the effective wave-number separation of field con-
tributions from sources at any particular depth, as implied
by classifying these filters as matched filters. The combi-
nation of spectral characteristics and spatial localization
supplied by wavelet processing (see Wavelet Analysis)
promises considerable advantages over FFT methods,
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Magnetic Data Enhancements and Depth Estimation, Figure 3 (All images are histogram equalized). The top left image shows TMI
over the Frew River area of the Northern Territory of Australia (data courtesy of the Northern Territory Geological Survey and
Geoscience Australia). The bottom left image is of the vertical gradient of TMI. This enhancement reveals weak anomalies across the
center of the image which are poorly imaged in the TMI data. The top right image is the modulus of the analytic signal, which also
enhances the expression of shallow magnetizations. The tilt filter image in the lower right is the most extreme enhancement and
provides the best expression of weak, near-surface magnetizations across the lower gradient southern half of the area.
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and some wavelet processing methods are now being
used, particularly for localizing edges of magnetization
in multi-scale edge detection.
Regional-residual separation
Potential fields are additive, and the magnetic field near the
surface of the earth generally contains contributions from
multiple crustal magnetizations. Separation of field varia-
tions from different sources is interpretive and nonunique,
with no general analytic solution. One class of field separa-
tions is to remove local features of sharp curvature in the
field (“anomalies” or “residuals”) from broader, lower cur-
vature variations due to deeper or more distant sources
(the “regional”), a process termed “regional-residual”
separation. Regional-residual separation is most reliably
performed in cases for which the fields to be separated have
quite different characteristics; if the characteristics of the
fields are similar, their separation becomes more interpre-
tive and less certain. Regional fields are also due to geolog-
ical structures, but which are too deep or distant to be
of immediate interest in a specific project. For modelling
studies, the regional separation should be adjustable during
the modelling, as a better realization of this separation
emerges as the model is developed.
The modulus of the analytic signal
The modulus of the analytic signal (Nabighian, 1972,
1984; Roest et al., 1992; Hsu et al., 1996), commonly
referred to simply as the analytic signal, is a popular gradi-
ent enhancement, given by:

analytic signal of TMI ¼ p�ð@TMI=@xÞ2þð@TMI=@yÞ2

þð@TMI=@zÞ2
� (1)

For compact or thin bodies, the modulus of the analytic

signal peaks approximately over the center of the body
(Figure 3), for wider bodies over their edges. It is only
weakly sensitive to magnetization direction, and indeed
the two-dimensional case with only one horizontal gradi-
ent is independent of magnetization direction. The modu-
lus of the analytic signal of TMI has much lower
sensitivity to the inclination of the geomagnetic field than
the original TMI data, and provides a means to analyze
low latitude magnetic fields without the concerns of the
RTP operator (Macleod et al., 1993; Rajagoplan, 2003).
Source parameters such as depth can be estimated from
statistics of the filter output, but these more advanced
applications are more appropriately classified as interpre-
tation, rather than enhancement processing.
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The tilt filter
The tilt filter (Miller and Singh, 1994; Dentith et al., 2000;
Verduzco et al., 2004; Salem et al., 2008) has also become
a popular enhancement with an output given by:

Tilt of TMI ¼ tan�1
@TMI
@z

@TMI
@h

 !
(2)

where

@TMI=@h ¼ p
@TMI=@xð Þ2 þ @TMI=@yð Þ2

� �
(3)

As a ratio of gradients, the filter output retains no ampli-

tude information, and the degree of enhancement of this
filter is variable according to the local amplitude of the
field gradients. In areas of low gradient, there is no signal
to enhance, but the output of the filter is defined at all
places; so it is important that tilt images be interpreted
with reference to the original data (Figure 3). The tilt filter
and analytic signal are both expressions of horizontal and
vertical gradients, and as such, there are clearly linkages
between them in their tendency to amplify field variations
from shallow sources, highlight the location of sub-
vertical edges (after RTP transform), and to provide esti-
mates of depth to magnetization contrasts according to
their sharpness of variation.

Multi-scale edge detection (“worming”)
Local maxima in the horizontal gradients of a magnetic
field can be analyzed using wavelets as a function of the
depth to magnetization, with the advantage that wavelet
functions can be selected for direct compatibility with
potential field characteristics (Hornby et al., 1999;
Ridsdill-Smith and Dentith, 1999; Vallée et al., 2004).
Multi-scale edges defined by the wavelets have some
affinities to different wavelength components separated
in Fourier analysis, with the detail from shallow sources
mostly carried in the small-scale edges, and broader,
large-scale edges providing more information about
deeper sources. Multi-scale edges can also be derived
from mapping the migration of maxima in the horizontal
gradients of the field at different levels of upward contin-
uation (Holden et al., 2000; Lahti and Karinen, 2010).
Wavelets are intrinsically linked to the analytic signal
and tilt filter gradient functions, Euler deconvolution,
and to other curvature functions previously used to map
source edges (Blakely and Simpson, 1986; Grauch and
Cordell, 1987).

Analytic derivation ofmagnetic source parameters
Nonuniqueness in interpreting a distribution of magneti-
zation from study of a measured magnetic field precludes
any definitive analytic solution of this problem. However,
the interface between analytical processing operations and
interpretation is blurred by methods that impose either
implicit or explicit conditions on the distribution of mag-
netization and reduce the interpretation problem to one
with much more accessible and restricted solutions. The
most common of the imposed conditions is that magne-
tized bodies have depth and strike extents that can be sum-
marized by a structural index. This factor is linked to the
curvature of the magnetic field and its attenuation with
increasing source depth and therefore must be supplied
or derived for estimation of source parameters.

Automatic mapping of source magnetization distribu-
tions has been one of the most prolific subjects of geo-
physical publication over many years, but those methods
that have achieved widespread acceptance and use can
mostly be classified into a small number of groupings,
namely; Wener deconvolution, Euler deconvolution, the
Naudy method, and the source parameter imaging
(“SPI”) method. The fundamental assumptions of the var-
ious methods are necessarily similar, and in many cases
identical, but nevertheless there are some practical differ-
ences that might lead to advantages in applying certain
methods in certain circumstances. In all cases, the key fac-
tor for successful application of automated source detec-
tion and parameter estimation is the suitability of the
geology. If the geology provides discrete, homogeneous,
well-separated, moderate to strongmagnetizations, in sim-
ple and predictable geometries, and with an absence of any
additional magnetizations that would produce overlapping
field variations, then any of the automated source estima-
tion methods should work well. If however the geology
results in irregular and indistinct distributions of magneti-
zation, then there is no basis for the successful application
of any of the methods, and they can only lead to fictitious
and misleading results. This leads to a common dilemma
in the interpretation of any data; whether to set strict qual-
ity conditions and accept just a few solutions of apparently
high validity, or whether to relax the quality conditions to
generate a more comprehensive set of solutions. In prac-
tice, validity of solutions is commonly evaluated from
their quality coefficients, by clustering of solutions and
their internal consistency, or simply by visual inspection
and judgement as to whether the magnetic field anomaly
the solutions are derived from is reliable and suitable.
The ability to rapidly generate source parameter estimates
from automatic or semiautomatic methods is always in
part offset by the time and discretion required to evaluate
and interpret the reliability and usefulness of those results.
All automated source depth estimators also have in com-
mon that they are dependent on the quality and sufficiency
of the magnetic field data. A concise review of magnetic
depth estimation methods and practical advice on their
application is given by Li (2003).
The Werner method
The Werner method of automatically generating magnetic
source solutions from profile magnetic field measure-
ments (Werner, 1953; Hartman et al., 1971) is often
referred to as Werner deconvolution. It is not a true
deconvolution, but solves for simple geological structures
by solution of linear equations applied to profile data
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sampled within a moving window. The equations are spec-
ified for bodies of nominated structural index. Ku and
Sharp (1983) developed a two-stage approach in which
the Werner solutions were subsequently submitted to
a Marquardt inversion. Hansen and Simmons (1993)
extended the Werner method by adapting it to run on an
analytic signal transform of the data, and to detect and
solve for multiple sources, and Hansen (2005) extended
the Werner method to a three-dimensional multiple source
analysis.

The Naudy method
The Naudy method (Naudy, 1971) is an elegant approach
to finding and solving for magnetic sources from analysis
of profiles of magnetic field data. As a window is moved
along a magnetic field profile, the data is split into sym-
metric and asymmetric components about the center of
the window. Firstly, the reference anomaly is computed
for a target body of the nominal type and specified proper-
ties (primarily depth) and a correlation coefficient is
derived between that target curve and the processed field
data curves. A coefficient value beyond a set threshold
flags a possible solution, which is then fed to a second
stage inversion process that searches for the optimum
source parameters. This operation can be repeated to scan
the data across a range of target depths. A key advantage
of the Naudy method is that the second stage inversion
supplies bodies that can then be delivered into a modelling
package for more detailed testing against the data they
were derived from, and as a starting model for more inter-
pretive studies. The Naudy method has been extended by
Shi (1991) to run on the vertical derivative, and by
Almond and Fitzgerald (1998) to adjust for the trend of
source bodies automatically estimated from accompany-
ing grid data.

Euler deconvolution
Euler deconvolution solves for Euler’s homogeneity equa-
tion within a moving window assuming that the field var-
iation within the window is due only to a single source
body with a defined value of structural index. Thompson
(1982) used a one-dimensional window along a profile,
and Reid et al. (1990) extended the analysis to a two-
dimensional window of grid data. Sources of error are
that the structural index value used may be inappropriate
and that the field variation within the window may be
due to more than one source, and, as a consequence, the
solutions themselves require interpretation. There have
been numerous adaptations of the method to try to esti-
mate the appropriate structural index for each solution
(e.g., Barbosa et al., 1999) and also to analyze clusters
of solutions (e.g., Silva and Barbosa, 2003; Ugalde
and Morris, 2010). Euler deconvolution has also been
extended to application with the modulus of the analytic
signal (Salem and Ravat, 2003; Keating and Pilkington,
2004; Florio et al., 2006) and to solution for multiple
sources (Hansen and Suciu, 2002). Other implementations
of the Euler homogeneity equation to derivatives of the
magnetic field that derive structural index as an integral
part of the analysis are termed “extended” Euler methods
(Mushayandebvu et al., 2001; Davis et al., 2010).
Nabigian and Hansen (2001) have shown that the
extended Euler method is a unification of Euler
deconvolution and the Werner method. Thurston and
Smith (1997) applied Euler’s homogeneity equation to
expressions of the complex analytic signal in a method
termed source parameter imaging (SPI) which recovers
source estimates for dipping 2-D contacts and dipping
2-D thin sheets from gridded magnetic field data. This
method was further extended to include horizontal cylin-
ders and automatic discrimination between different
source models by Smith et al. (1998). These hybrid
methods benefit from relationships discussed for simple
analytic signal and tilt filter transforms as discussed in
the section above on enhancement of magnetic field data,
but these methods also require recovery of higher deriva-
tives of the magnetic field, and ultimately it is the validity
of those higher derivatives in the presence of noise and
processing artifacts that determines the usefulness of these
sophisticated methods.
Summary
A substantial toolbox of methods exists to process and
enhance magnetic field data, and these capabilities are con-
tinuously being extended as computing power and speed
increase. Most of the methods require careful inspection
of the data to select optimum parameters and to detect
any undesirable characteristic in the outputs. Enhancement
operations, in particular, are selected and designed for
a specific interpretational objective, and different enhance-
ments can be applied to the same data for different objec-
tives. Operations such as gridding and visualization are an
integral part of processing and enhancement, and also
require careful attention to avoid misrepresentation of data.
There is an arbitrary delineation between methods such as
multi-scale edge detection, which is described here as an
advanced enhancement, and automatic depth estimators,
such as Euler deconvolution, which attempt a marginally
greater level of discrimination and represent a transition
into interpretation. The current trend of automatic source
depth estimation is towards ever greater sophistication
using high-order derivatives of the field, but these methods
place ever greater stress on the validity of the data, such that
the derived parameters require careful evaluation.
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cube containing four domains and (b) a single-domain cube of
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Definition
Magnetic domain. Amagnetic domain is a region in which
the magnetic spins of atoms or molecules are aligned.
Many magnetic particles consist of two or more magnetic
domains, each of uniform magnetization separated by nar-
row zones called domain walls, in which the spins change
orientation from one domain to the next.
NRM (natural remanent magnetization). The magnetic
moment (per unit volume of per unit mass) acquired by
a rock in nature.
TRM (thermal remanent magnetization). The magnetic
moment acquired by a rock as it cools from the Curie tem-
perature in the Earth’s field.

Introduction
The existence of a paleomagnetic record attests to the abil-
ity of magnetic minerals in rocks to preserve their natural
remanent magnetizations over geologic time. The building
block of Remanent Magnetism is the magnetic domain,
a region where the magnetic spins are aligned in the same
direction. In the early days of paleomagnetism, it was
thought that the stable components of natural remanent
magnetization (NRM) mainly resided in extremely small
magnetic mineral grains that occupied the single-domain
(SD) state. However, it is now recognized that, due to their
very small size and scarcity, SD particles may not be the
major carriers of NRM in many rocks. Instead, it is more
likely that much of NRM is carried by grains that, by vir-
tue of their larger sizes, are subdivided into several
domains (Figure 1). Adjacent domains are separated by
domain walls, the transition regions where magnetic spins
change direction from one domain to the next.

Remanences carried by SD assemblages can be highly
stable, because destroying the remanence requires rotation
of the particles’ magnetic moments across strong energy
barriers. In contrast, remanences carried by particles with
two or more domains usually owe their stability to pinning
of walls at crystal defects; these energy barriers are over-
come more easily than those controlling SD grains. But
another necessary criterion for paleomagnetic stability
over geologic time is that a grain’s overall domain state
resists drastic reorganization caused by the changing
physical/chemical conditions affecting the rock, such as
moderately elevated temperature, moderate pressure, and
some chemical alteration. For this reason, we discuss both
theories and experiments to investigate how domain struc-
ture depends on grain size, applied field, and temperature
in natural magnetic minerals and their synthetic ana-
logues. (See detailed treatments of these subjects in stan-
dard texts such as Chikazumi (1964), Cullity (1972),
Stacey and Banerjee (1974), and Dunlop and Ozdemir
(1997)).
Classical Models of Magnetic Domain Structure
Exchange Energy
Models of magnetic domain structure are based on three
energies: exchange energy, anisotropy energy, and magne-
tostatic energy. Magnetostatic energy is the fundamental
reason why particles subdivide into two or more domains
because, in so doing, this energy is reduced. However, this
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Magnetic Domains, Figure 2 Illustration of the semi-infinite,
magnetized plate of thickness L, whose magnetostatic energy
was calculated by Kittel (1949). The plate contains domains of
identical width D, with magnetizations perpendicular to the
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subdivision carries an energy “price”: the energy of
domain walls. In most classical theories, the first two ener-
gies above make the largest contributions to the surface
energy of the wall. From seminal calculations, Heisenberg
(1928) predicted the existence of the exchange interaction,
which determines whether adjacent magnetic spins are
aligned parallel or antiparallel with respect to each other
in a specific substance. In a relatively few materials, this
interaction leads to a configuration of lowest energy when
neighboring spin vectors are aligned. This gives rise to the
rare phenomenon of spontaneous magnetization (Ms) and
magnetic remanence. Such materials possess a Curie tem-
perature, above which spontaneous magnetism vanishes,
because (a) thermal agitation disrupts the alignment of
adjacent spins, and (b) thermal expansion of the lattice
increases spin–spin distances and thus weakens the
exchange interaction.
plate’s surface. Walls are assumed to be infinitely thin.
Magnetic anisotropy energy
Magnetic anisotropy causes magnetic behavior to depend
on the direction in which it is measured. In magnetite, for
example, magnetocrystalline anisotropy results in a lower
external field being required to saturate a crystal along the
<111> directions than along<100>. Magnetocrystalline
anisotropy arises from the coupling between spins and
orbits of the electrons, so that work is required to rotate
spins out of the directions of lowest energy (“easy” direc-
tions). “Easy” and “hard” directions depend on the spe-
cific material and its crystal structure. In cubic materials
such as magnetite, the easy directions are along <111>,
whereas in iron <100> are easy directions (e.g., for
more comprehensive discussions, see Chikazumi (1964);
Cullity (1972)).

Also due to spin-orbit coupling, the lattice of
a ferromagnetic material will spontaneously strain below
the Curie temperature. The inverse effect is that external
stress and/or variable internal strain can rotate the sponta-
neous magnetization away from the easy direction given
by crystalline anisotropy. Depending on the material and
the stress direction, applied stress may cause Ms to rotate
either toward the stress axis or toward the direction per-
pendicular to the axis of stress.
Magnetostatic energy
Magnetostatic energy is the work, per unit volume,
required to assemble a population of magnetic “free poles”
into a particular geometric configuration. A simple but
highly relevant case was addressed by Kittel (1949),
who analyzed a semi-infinite plate of thickness L
containing lamellar domains of uniform width D, with
spontaneous magnetizations normal to the plate surface
(Figure 2). Kittel obtained Em = 1.705 Ms

2D, where Em
is the magnetostatic energy, per unit area of plate surface
(erg/cm2, in cgs). Kittel’s calculations were refined by
Rhodes and Rowlands (1954), who addressed finite, rect-
angular grains. Their results produced “Rhodes and
Rowlands” functions, which yield the total magnetostatic
energy of rectangular grains of specified axial ratios.

Energy and width of the domain wall
A domain wall is the transition region where the spontane-
ous magnetization changes direction from one domain to
the next, so that each domain is distinct from a wall.
(Micromagnetic theories relax this assumption and will
be discussed in later.) The two most important energies
contributing to the wall’s energy and width are exchange
energy and anisotropy energy, the latter due either to
magnetocrystalline anisotropy or stress. The magneto-
static energy of the wall itself also plays a role; this energy
was first analyzed by Amar (1958) and grows especially
important when the wall width approaches that of the
particle.

In the simplest models, spins in a wall reach an equilib-
rium configuration when magnetic anisotropy and
exchange energies are balanced. For the 180
 “Bloch”
wall shown in Figure 3 in which spins rotate through
180
, the energy per unit area of wall surface is Ew = 2p
(AK )1/2, where K is the magnetic anisotropy constant
due to magnetocrystalline anisotropy and/or stress and
A is the material’s exchange constant. Note that a submi-
croscopic change in either A or K can change the local
wall energy. Such local changes constitute “wall pinning”
sites, where wall motion is impeded by either an energy
barrier or an energy trough. The width of a 180
 wall is
dw = p (A/K )1/2. In magnetite, values predicted for Ew
and dw are approximately 0.9 erg/cm2 and 0.3 mm, respec-
tively (e.g., see Dunlop and Ozdemir, 1997).

Domain width versus grain size
For the magnetized plate illustrated in Figure 2, domain
width D can be calculated for the lowest energy state by
minimizing the sum of magnetostatic and wall energies
per unit volume of material: this gives the half-power
law D = (1/Ms) (EwL/1.705)

1/2 (Kittel, 1949).



spin vectors

easy axis

“+ Ms”

“– Ms”

θ
φ

Magnetic Domains, Figure 3 Illustration of spins in a 180
 Bloch
wall. y is the angle between a spin and the easy axis of
magnetization; f is the angle between adjacent spins.
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Magnetic minerals in rocks, however, rarely grow as
thin platelets. Moskowitz andHalgedahl (1987) calculated
the number of domains versus grain size in rectangular
particles of x = 0.6 titanomagnetite (“TM60”: Fe2.4Ti6O4)
containing planar domains separated by 180
 walls. Mag-
netostatic energy, including that from the walls’moments,
was accounted for (Rhodes and Rowlands, 1954; Amar,
1958), and it was assumed that grains occupied states of
absolute minimum energy. Their calculations yielded
two principal results: (1) particles encompassing a wide
range of grain sizes could contain the same number of
domains, and (2) a plot of N (number of domains) versus
L (grain thickness) could be fitted well by a power law
N / L1/2. It follows that domain width D also follows
a half-power law in L. Thus, the general type of functional
dependence ofD on L is the same for both finite, rectangu-
lar grains and semi-infinite plates.

Single-domain/two-domain transition size do
Grains containing only two or three domains can rival the
remanences and coercivities of SD grains, and such parti-
cles are often referred to as being “pseudosingle-domain”
(PSD). A particle may favor a two-domain over a SD state
because the magnetostatic energy associated with two
domains is much lower than that for saturation. However,
below do the energy price of adding a wall is too great to
result in a state of minimum energy. At do, the total energy
of the two-domain state and the SD state are equal. PSD
grains can be common in many rocks and, in terms of
interpreting rock magnetic behavior, it is important to
know the grain sizes corresponding to the onset of PSD
behavior in various magnetic minerals.

This transition size depends on the material’s magnetic
properties, its state of stress, the particle shape, and tem-
perature. Moskowitz and Banerjee (1979) calculated total
energies of SD, two-domain, and three-domain cubes of
stress-free magnetite containing lamellar domains at room
temperature. Magnetostatic energy of the walls was
included in their calculations (Amar, 1958). They
obtained do � 0.08 mm. Similar calculations for TM60
by Moskowitz and Halgedahl (1987) yielded do � 0.5 mm
for unstressed particles at room temperature. Raising the
stress level to 100 MPa shifted do upward to 1 mm.

Domains and domain walls near crystal surfaces
In relatively thick crystals, domains and domain walls
may change their geometric styles near and at crystal sur-
faces, in order to lower the total magnetostatic energy with
respect to that of the “open” structure shown in Figure 2.
The particular style depends largely on the dominant kind
of anisotropy, as well as on the relative strengths of mag-
netostatic and anisotropy energies. When 2pMs

2/K >> 1
in a uniaxial material, prism-shaped closure domains
bounded by 90
 walls may completely close off magnetic
flux at the crystal surface (Figure 4a). Because closure
domains greatly reduce magnetostatic energy, the “body”
domains can be several times broader than predicted for
the “open” structure.

When 2pMs
2/K << 1 in a uniaxial substance, a large

amount of anisotropy energy results when Ms is perpen-
dicular to the “easy” axis, making the style of surface clo-
sure shown in Figure 4a energetically unfavorable.
Instead, walls that are planar within the body of the crystal
can become wavy at the surface (Figure 4b). In extremely
thick crystals, wavy walls can alternate with rows of
reverse spikes. These elaborate surface domain structures
lower magnetostatic energy by achieving a closer mixture
of “positive” and “negative” free magnetic poles (e.g., see
Szymczak, 1968).

Large crystals governed by cubic magnetocrystalline
anisotropy also reduce surface flux through prism-shaped
closure domains at the surface. When <100> are easy
directions, as in iron, closure domains are bounded by
90
 walls (Figure 4a). When <111> are easy directions,
as in magnetite, closure domains are bounded by 71
 and
109
 walls (Figure 4c).

Temperature dependence of domain structure
Understanding how domain structure evolves during both
heating to, and cooling from, the Curie point is crucial to
understanding the acquisition and thermal stability of ther-
mal remanent magnetization (TRM). If the number of
domains changes significantly during cooling from the
Curie point in a weak field, it is reasonable to hypothesize
that TRM will not become “frozen in,” or blocked, until
the overall domain structure reaches a stable
configuration.

According to Kittel’s original model (Figure 2), grains
will nucleate (add) domain walls and domains with
heating in zero field, if the wall energy drops more rapidly
with increasing temperature than does the magnetostatic
term. Energy-wise, in this first case, a particle can “afford”
to add domains with heating. Conversely, during cooling
from the Curie point, a grain will denucleate (lose)
domains and domain walls if wall energy rises more
quickly than does the magnetostatic energy with decreas-
ing temperature. If wall energy drops less rapidly with
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Magnetic Domains, Figure 4 Three styles in which domains
and domain walls may terminate at a crystal surface. (a) Prism-
shaped surface closure domains at the surface of a material
which is either uniaxial, with 2pMs

2/K >> 1.0, or cubic, such as
iron, whose easy axes are along<100>. Here, 90
 walls separate
closure domains from the principal “body” domains that fill most
of the crystal. Arrows indicate the sense of spontaneous
magnetization within the domains. (b) Wavy walls at the surface
of a uniaxial material with 2pMs

2/K <1.0. Waviness dies out with
increasing distance from the surface. (c) Prism-shaped closure
domains at the surface of a cubic material, such as magnetite,
whose easy directions of magnetization are along <111>.
Closure domains and body domains are separated by 71
 and
109
 walls.
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increasing temperature than does the magnetostatic term,
then the opposite scenarios apply. This predicted behavior
relies on the assumptions that the particle is able to main-
tain a global energy minimum (GEM) domain state at all
temperatures and that the total magnetostatic energy of
the walls themselves can be ignored.

Using Amar’s (1958) model, Moskowitz and
Halgedahl (1987) calculated the number of domains
between room temperature and the Curie point in parallel-
epipeds of TM60. As discussed earlier, they investigated
two cases: dominant crystalline anisotropy (zero stress)
and high stress (s = 100MPa). In TM60 grains larger than
a few micrometers, most of their results gave an increase
in the number of domains with heating. Exceptions to this
overall pattern were cases in which walls broadened so
dramatically with increasing temperature that they nearly
filled the particle and rendered nucleation unfavorable.
During cooling from the Curie point in zero field, the
domain “blocking temperature” – the temperature below
which the number of domains remained constant –
increased both with decreasing grain size and with internal
stress.
Micromagnetic models
In contrast to classical models of magnetic domain struc-
ture, micromagnetic models do not assume the presence
of discrete domains. Instead, they allow the orientations
ofMs-vectors to vary among extremely small subvolumes,
into which a grain is divided. A stable configuration is
obtained numerically when the grand sum of exchange,
anisotropy, andmagnetostatic energies over all subvolumes
is minimum. In rock magnetism, micromagnetic models
have focused on magnetite, and they assume unstressed,
defect-free crystals.

Moon and Merrill (1984, 1985) were the first in
rock magnetism to construct one-dimensional (1D)
micromagnetic models for defect-free magnetite cubes.
Not only did they calculate the energies resulting from
different numbers of domains within a grain of given size,
but they also calculated the energy barriers associated with
nucleation and denucleation of domains and domain
walls. Their major breakthrough was the discovery that
a particle can occupy a range of local energy minimum
(LEM) domain states. Each LEM state is characterized
by a unique number of domains and is separated
from adjacent states by energy barriers. As illustrated in
Figure 5, the GEM state is the configuration of lowest
energy but, owing to the energy barriers between states,
a LEM state can be quite stable as well.

Several authors have extended micromagnetic calcula-
tions for magnetite to two dimensions (2D) and three
dimensions (3D) (e.g., Williams and Dunlop, 1989,
1990, 1995; Newell et al., 1993; Xu et al., 1994; Fabian
et al., 1996; Fukuma and Dunlop, 1998; Williams and
Wright, 1998). These models yield a variety of exotic,
nonuniform configurations of magnetization, such as
“flower” and “vortex” states. Analogous to Moon and
Merrill’s results, these models produce both LEM and
GEM states, although with very different spin structures
from those of 1Dmodels. For example, Figure 6 illustrates
a “flower” state in a cube magnetized parallel to the z-axis.
The flower state is reminiscent of a classical SD state of
uniform magnetization, except that the Ms-vectors are
canted at and near the crystal surface. In relatively large
cubes of magnetite – for example, 4 or 5 mm – both 2D
and 3D models yield configurations closely approaching
those of classical domain structures expected for magne-
tite, such as “body” domains and closure domains at



Magnetic Domains, Figure 6 Illustration of a “flower” state
obtained through three-dimensional micromagnetic modeling
of a cube largely magnetized along the cube’s z-axis.
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Magnetic Domains, Figure 5 Diagram illustrating the relative
energies and energy barriers associated with local energy
minimum (LEM) domain states. Each LEM state is characterized
by a unique number of domains and is separated from adjacent
states by nucleation and denucleation energy barriers. In this
diagram, the global energy minimum, or GEM, domain state has
five domains.
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the surface (e.g., Xu et al. 1994; Williams and Wright,
1998). In submicron magnetite undergoing hysteresis,
magnetization reversal can occur through LEM–LEM
transitions (e.g., flower to vortex state) (e.g., Williams
and Dunlop, 1995).

Dunlop et al. (1994) used 1D micromagnetic models to
investigate LEM states in stress-free magnetite particles
during TRM acquisition. Their study was motivated by
experimental results reported earlier by Halgedahl
(1991) (see discussions below). Dunlop et al. (1994)
calculated the energy barriers for all combinations among
SD/two-domain/three-domain transitions during cooling
from the Curie point of magnetite in a weak external field.
According to their results, after acquiring TRMunder con-
ditions of thermal equilibrium, populations would be
overwhelmingly biased toward GEM domain states, and
an individual particle should not exhibit a range of LEM
states after several identical TRM runs.

Using renormalization group theory, Ye and Merrill
(1995) arrived at a different conclusion. According to their
calculations, short-range ordering of spins just below the
Curie point could give rise to a variety of LEM states in
the same particle after replicate coolings.

Experimental studies of magnetic domains
Methods of imaging domains and domain walls
Rockmagnetists have mainly used three methods to image
domains and domain walls: the Bitter pattern method,
which uses liquid magnetic colloid to image walls, with
a resolution limit of about 1 mm (e.g., see details in
Halgedahl and Fuller, 1983); the magneto-optical Kerr
effect (MOKE), which images entire domains from
the rotation of the polarization plane of light reflected
by a magnetized specimen (e.g., Hoffmann et al.,
1987; Worm et al., 1991; Heider and Hoffmann, 1992;
Ambatiello et al., 1999); and magnetic force microscopy
(MFM), which can image magnetic features as small as
0.01 mm through the voltage induced in a vibrating mag-
netic needle situated very close to a particle’s surface
(Williams et al., 1992; Proksch et al., 1994; Moloni
et al., 1996; Pokhil and Moskowitz, 1996, 1997; Frandson
et al., 2004). Two other methods – transmission electron
microscopy (TEM) and off-axis electron holography –
have been used in some studies of magnetite, most notably
magnetotactic bacteria and magnetite intergrowths in
ulvospinel (Dunin-Borowsky et al., 2001; McCartney
et al., 2001; Harrison et al., 2002).

Styles of domains observed in magnetic minerals of
paleomagnetic significance
In rock magnetism, the majority of domain observation
studies have focused on four magnetic minerals, all impor-
tant to paleomagnetism: pyrrhotite (Fe7S8), titanomagnetite
of roughly intermediate composition (near Fe2.4Ti6O4, or
TM60), magnetite (Fe3O4), and hematite (Fe2O3).

Owing to its high magnetocrystalline anisotropy con-
stant and relative insensitivity to stress, pyrrhotite behaves
magnetically as a uniaxial material. When studied with the
Bitter colloid method, pyrrhotite often exhibits fairly sim-
ple domain patterns which suggest lamellar domains
separated by 180
 walls (Figure 7a) (Soffel, 1977b;
Halgedahl and Fuller, 1983).

Despite being cubic, intermediate titanomagnetites
rarely, if ever, exhibit the arrays of closure domains, 71
,
and 109
 walls predicted from theories. Instead, these
minerals often display very complex patterns of densely
spaced, curved walls (Appel and Soffel, 1984, 1985).
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Magnetic Domains, Figure 7 Bitter patterns on a particle of natural pyrrhotite (a) after demagnetization in an alternating field of
1,000 Oe and (b) in an apparently SD-like state after acquiring saturation remanence in 15 kOe.
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However, some grains do exhibit a simple array of parallel
walls, such as that shown in Figure 8a (e.g., Halgedahl and
Fuller, 1980, 1981), but it is not unusual to observe wavy
walls alternating with rows of reverse spikes (Halgedahl,
1987; Moskowitz et al., 1988). Both simple and wavy pat-
terns suggest a dominant, internal stress that yields
a uniaxial anisotropy, although the origin of this stress is
still unclear.

Small magnetite grains grown in a synthetic rock-
like matrix with the glass-ceramic method (Worm and
Markert, 1987) generally display simple arrays of straight
walls (e.g., Worm et al., 1991; Geib et al., 1996)
(Figure 8b). In such samples, there appears to be a paucity
of closure domains, perhaps the result of high internal
stress generated by quenching during synthesis.

In contrast, domain images obtained from large crystals
of natural magnetite and small magnetite grains in a variety
of rocks reveal 180
, 71
, and 109
 walls and closure
domains, in accordancewith theory (Bogdanov andVlasov,
1965, 1966; Smith, 1980; Boyd et al., 1984; Ozdemir
and Dunlop, 1993, 1997, 2006; Ozdemir et al., 1995;
Ambatiello et al., 1999). Evidently, internal stress is low
in these natural magnetites, so that magnetocrystalline
anisotropy is dominant.

To date, domain studies on hematite have been limited
to large (e.g., 100 mm to 1 mm) platelets. Even large crys-
tals such as these contain very few walls and a fairly
simple domain structure, owing to hematite’s weak spon-
taneous magnetization (about 2 emu/cm3) and lowmagne-
tostatic energy (Figure 8c) (Halgedahl, 1995, 1998).

Number of domains versus grain size
Both Kittel’s original model of domains in a semi-infinite
platelet and calculations for finite grains by (e.g.,
Moskowitz and Halgedahl, 1987) lead to the prediction that
domain width D / L1/2, where L is plate or particle thick-
ness. These predictions are supported by domain studies
of natural magnetic minerals which generally yield
a power-law dependence of D on L, although the power
may differ somewhat from 0.5.

Soffel (1971) was the first to study the grain-size
dependence of the number of domains in a paleomagneti-
cally important magnetic mineral. From Bitter patterns on
grains of natural, intermediate (x � 0.55) titanomagnetite
in a basalt, he determined that, on average, both D
and N (number of domains = L/D) / L1/2, where L was
average particle size. His results yielded a single
domain/two domain transition size of 0.6 mm and a wall
energy density of about 1 erg/cm2 for this composition.

Similarly, from Bitter patterns on natural pyrrhotite in a
Bavarian diabase, both Soffel (1977b) and Halgedahl
and Fuller (1983) found that D / L0.40 to D / L0.45,
depending on the magnetization state. For this pyrrhotite
sample, the SD boundary fell between 1.5 and 2 mm.
Geib et al. (1996) obtained D/ L0.45 from Bitter patterns
on synthetic magnetite particles grown in a glass-ceramic
matrix (Worm and Markert, 1987). They obtained a
SD/two-domain transition size for magnetite of approxi-
mately 0.25 mm.

Domain wall widths
When studied in the scanning electron microscope (SEM),
patterns of dried magnetic colloid afford high-resolution
views of domain walls. Moskowitz et al. (1988) applied
this method to polycrystalline pellets of synthetic
titanomagnetite substituted with aluminum and magne-
sium (Fe2.2Al0.1Mg0.1Ti0.6O4: “AMTM60”). Dried Bitter
patterns on unpolished surfaces were virtually identical
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Magnetic Domains, Figure 8 (a) Bitter pattern on a grain of intermediate titanomagnetite (x� 0.6) in oceanic basalt drilled near the
Mid-Atlantic Ridge. (b) Bitter pattern on a grain of magnetite synthesized with the glass-ceramic method. In this particular state of
magnetization, the grain contains four walls, whose lengths are commensurate with the particle’s length. Note that one wall is
pinned very near the particle’s extreme left-hand edge. The small triangular patterns at the lower edge of the particle represent walls
which enclose small reverse spike domains. (c) Bitter pattern of a wall on a very large (approximately 150 mm width, 1 mm length)
platelet of natural hematite from Elba, Italy. At most this platelet exhibits only 1–2 principal walls, although small edge domains are
often observed. Apparently, the wall is bowing around a defect near the upper right-hand edge of the photograph. Only a small part
of the crystal surface is shown.
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in style to those common to materials controlled by strong
uniaxial anisotropy. Patterns indicated closely spaced
stripe domains, sinusoidally wavy walls, and nested arrays
of reverse spikes. Measurements from SEM images
yielded wall widths between 0.170 and 0.400 mm.

Very high resolution images of domains and domain
walls in magnetite have been obtained with MFM. The
first images were reported by Williams et al. (1992),
who recorded a magnetic profile across a 180
 wall on
a {110} surface of a large natural magnetite crystal. Spins
within the wall reversed their polarity of rotation along the
length of the wall, demonstrating that walls in real mate-
rials can be much more complex than those portrayed by
simple models. Using MFM, Pokhil and Moskowitz
(1996, 1997) made a similar finding in glass-ceramic mag-
netite. Segments of opposite polarity were separated by
Bloch lines, the transition regions where polarity changes
sense. The number of Bloch lines within a wall varied
among repeated alternating field (AF) demagnetization
treatments. Thus walls, like particles, can occupy LEM
states.

Owing to its high-resolution capabilities, the MFM can
provide estimates of wall width. Proksch et al. (1994)
obtained MFM profiles across a 180
 wall on a {110} sur-
face of natural magnetite, thus obtaining a wall width of
about 0.21 mm.
Experimental evidence for local energy minimum
(LEM) domain states
In their study of Bitter patterns on natural pyrrhotite,
Halgedahl and Fuller (1983) noted that grains of virtually
identical size could contain very different numbers of
domains, despite these same particles having undergone
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the same magnetic treatments. Moreover, they found that
an individual particle could arrive in very different domain
states – that is, with different numbers of walls – after dif-
ferent cycles of minor hysteresis.

These observations led Halgedahl and Fuller (1983) to
the conclusion that a particle could occupy domain states
other than the ground state. Subsequent domain observa-
tion studies by Halgedahl on AMTM60 and by Geib
et al. (1996) on magnetite provided strong evidence for
LEM states in other magnetic minerals.
LEM states and thermomagnetic treatments
A particularly unexpected type of LEM state in pyrrhotite
and intermediate titanomagnetite is a SD-like state that cer-
tain particles can occupy after being saturated in a strong
external field, even though these same particles readily
accommodate walls in other states of magnetization. Bitter
patterns on intermediate (x � 0.6) titanomagnetite in
oceanic basalt and on natural pyrrhotite in diabase were
studied during hysteresis by Halgedahl and Fuller (1980,
1983). In states of saturation remanence, most particles in
a large population contained one or more walls, as expected
on the basis of previous theories (Figure 7a). However, sev-
eral tens of percent of the finer (5–15 mm) particles
appeared saturated after the maximum field was shut off
(Figure 7b). Halgedahl and Fuller (1980, 1983) proposed
that grains that failed to nucleate walls could make
a substantial contribution to saturation remanence. Particles
in SD-like states remained saturated, until nucleation was
accomplished by applying a back field of sufficient magni-
tude, and this nucleation field dropped off with increasing
grain size L according to a power law in L�1/2. Similarly,
Boyd et al. (1984) reported Bitter patterns on natural mag-
netite grains carrying saturation remanence, and these
patterns suggested SD-like states. These results were sur-
prising, in view of magnetite’s strong tendency to self-
demagnetize.

Subsequent domain observations and hysteresis mea-
surements of hematite platelets from Elba, Italy demon-
strated that, after exposure to strong fields, even large
crystals could arrive in states of near-saturation. Back
fields were necessary to nucleate principal domains,
and, similar to pyrrhotite, these nucleation fields also
followed a power law in L�1/2 (Halgedahl, 1995, 1998).

Results from titanomagnetite and pyrrhotite suggesting
SD-like states were interpreted by Halgedahl and Fuller
(1980, 1983) in light of previous theoretical and experimen-
tal work on high-anisotropy, industrial magnets. In such
materials, nucleation of walls is an energetically difficult
process, because the internal demagnetizing field, which
triggers nucleation, may be too weak to overcome the
anisotropy field, which hinders nucleation (Brown, 1963;
Becker, 1969, 1971a, b, 1976). Such particles may require
an external back field, which aids the demagnetizing field
in order to nucleate walls and accompanying domains.

The style of domain structure and the range of LEM
states that a particle can occupy can depend on
thermomagnetic history. From Bitter patterns on natural,
polycrystalline pyrrhotite, Halgedahl and Fuller (1981)
discovered that crystallites displayed arrays of undulating
walls on their surfaces after acquiring TRM in a weak
external field. By contrast, after AF demagnetization in
a strong peak field the same crystallites exhibited planar
walls. Evidently, cooling locked in a high-temperature
configuration of walls whose curved shapes promoted
lower magnetostatic energy than would a planar geometry.

As indicated by Moon and Merrill’s theoretical results
for magnetite, a particular LEM state can be stable across
a broad range of grain size. This prediction is born out by
experiments by Halgedahl and Ye (2000), who investi-
gated the effects of mechanical thinning on domain states
in natural pyrrhotite. Individual pyrrhotite grains in
a diabase were mechanically thinned and their Bitter pat-
terns observed after each thinning step. Despite some
grains being thinned to about one-fourth of their initial
diameter, the widths of surviving domains and positions
of surviving walls remained unaffected (Figure 9). Neither
nucleations nor denucleations were observed, although
calculations indicated that thinning would cause signifi-
cant changes in GEM domain states.

Bitter patterns on crystallites of polycrystalline
AMTM60 were studied after many replicate TRM acqui-
sition and AF demagnetization experiments (Halgedahl
1991). In each particle, the number of domains varied
from one experiment to the next, defining a distribution
of LEM states. For states of weak-field TRM, this distribu-
tion could be broad and could include single-domain-like
states (Figure 10). After replicate AF demagnetizations,
however, typical distributions were narrow and clustered
about a most probable state, possibly the GEM state.
Evolution of magnetic domain structures at elevated
temperatures
The manner in which domain structure evolves with tem-
perature carries clear implications for TRM. Cooling-
induced nucleations and denucleations of walls/domains
could trigger sudden changes of the internal demagnetizing
field. As a result, preexisting walls which survive a domain
transition could be dislodged from imperfections where
they were pinned initially at higher temperatures.

The first Bitter patterns observed on magnetite above
room temperature in the Earth’s field were made by
Heider et al. (1988), using hydrothermally recrystallized
crystals. Depending on the particle, Bitter patterns could
be followed to approximately 200
C, above which tem-
perature the patterns grew too faint to discern. Surpris-
ingly, heating to very moderate temperatures drove
certain walls across much of a particle; in some cases,
denucleation occurred. Upon cooling, walls reassembled
in a similar, though not identical, arrangement to that
observed initially at room temperature. In some cases,
repeated thermal cycling between room temperature and
about 200
C produced different numbers of domains in
the same particle.
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Magnetic Domains, Figure 9 Bitter patterns on a grain of natural pyrrhotite in a diabase before and after mechanical thinning.
(a) Initial state, before thinning. (b) After thinning the particle to about one-half of its original length along a direction parallel to the
trends of the Bitter lines. (c) Final state, after the particle has been thinned to about one-fourth of its original length.
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Ambatiello et al. (1999) used the MOKE to study
domain widths versus temperature in several large (several
mm) crystals of natural magnetite. At room temperature,
{110} planes were dominated by broad lamellar domains
that terminated in closure domains at crystal edges. On
{111} planes, they found complex, nested arrays of very
small closure domains, which finely subdivided the main
closure structure. Domain widths generally increased with
heating, and such changes were thermally reversible. To
explain their results, these authors hypothesized that
heating promoted an increasingly finer subdivision into
small domains near the crystal surface; this would reduce
magnetostatic energy with heating and thus cause broad-
ening of body domains (also see Muxworthy and
Williams, 2006).

Bitter patterns observed at elevated temperatures on
natural, intermediate titanomagnetites were reported by
Soffel (1977a), Metcalf and Fuller (1987a, b, 1988), and
Halgedahl (1987). During heating, patterns gradually
faded to obscurity, with few significant changes in domain
structure. Remarkably, some titanomagnetite particles
studied by Metcalf and Fuller (1987a, b, 1988) displayed
no Bitter lines after cooling from the Curie point in the
Earth’s field. This observation provided evidence for
Halgedahl and Fuller’s (1983) earlier proposal that
weak-field TRM acquired by populations of PSD grains
could, in part, be attributable to particles which failed to
nucleate walls during cooling.

The possible importance of LEM states to TRM acqui-
sition was raised by work on synthetic, polycrystalline
AMTM60 with a Curie point near 75
C (Halgedahl,
1991). As shown in Figure 10, replicate TRM experiments
often produced different numbers of domains in the same
particle. Some of these states suggested that the particle
was entirely saturated, with no visible Bitter lines, or
nearly saturated, with only small spike domains at grain
boundaries. Patterns that evolved during cooling revealed
that denucleation was one mechanism by which a particle
arrived in a final LEM state. Denucleation occurred either
through contraction of large, preexisting spike domains, or
by straight walls moving together and coalescing into
spikes. Often, spikes would collapse altogether. In some
cases, denucleation left behind large volumes which,
apparently, contained no walls, although walls were pre-
sent elsewhere in the grain. In other cases, denucleation
left behind a grain that appeared nearly saturated, but for
small edge domains. These results led to the idea of
trans-domain TRM (Halgedahl, 1991).
Magnetic domain structure in magnetite at low
temperatures
Magnetite undergoes two types of transitions at low tem-
peratures, which can profoundly affect domain structure
and remanence (e.g., see detailed discussions in Stacey
and Banerjee (1974); Dunlop and Ozdemir (1997)). At
the isotropic point (approximately 130 K), the first
magnetocrystalline anisotropy constant, K1, passes
through zero as it changes sign from negative at tempera-
tures above the transition to positive below it. At the



a

c

e

g

b

d

f

h

10 μm

Magnetic Domains, Figure 10 Bitter patterns on a crystallite of titanomagnetite (“AMTM60”: see text) after each of eight replicate
TRM acquisition runs in the Earth’s field.
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Verwey transition, Tv (approximately 120 K), magnetite
undergoes a crystallographic transition from cubic to
monoclinic.

Thus at 130 K domain walls should broaden dramati-
cally, because wall width is proportional to K1

�1/2. It fol-
lows that, by passage through 130 K, walls may break
free of narrow defects which pinned them at other tem-
peratures. At the Verwey transition, the easy axis of
magnetization changes direction. In multidomain and
pseudosingle-domain magnetite, these thermal passages
may cause demagnetization and complete reorganization
of domain structure. Low-temperature demagnetization
has proved useful in removing certain spurious com-
ponents of NRM which are surprisingly resistant to ther-
mal demagnetization above room temperature. Thus it
is important to determine how these transitions affect
domains.

Using anMFM specially adapted to operate at low tem-
perature, Moloni et al. (1996) were the first to image
domains on {110} magnetite planes at temperatures near
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the two transitions. As the crystal was warmed from 77 K
to a few degrees just below Tv, the domain structure
disappeared entirely below the instrument’s noise level,
evidently undergoing a complete reorganization near the
crystallographic transition.
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Definition
Magnetometer. Instrument with a single sensor that mea-
sures magnetic flux density.
Magnetic gradiometer. Pairs of magnetometers with sen-
sors separated by a fixed distance.

The earth’s magnetic field at any point on or near the
earth’s surface is the vector sum of the contributions
from the primary field due to the dynamo in the earth’s
liquid core and the crustal field from the magnetic mineral
content of local rocks. This vector has both an orienta-
tion and an amplitude. Slight changes in any direction
influence the orientation and amplitude. Introduce a
highly magnetic rock formation into an otherwise homog-
enous host, and the local magnetic vector will change.
In a three-dimensional world, there are nine (3� 3) spatial
gradients forming a tensor which defines the anomalous
field.
On the conceptual design of gradiometers
A gradiometer is a special measuring instrument that con-
sists of more than one (usually two, rarely three or four)
magnetometers. The differences between the readings of
the sensors are seen as an approximation to the gradient
of the magnetic field along their alignment. The (usually)
two magnetometers of a gradiometer are arranged either
vertically or horizontally. The distance of the two sensors
can vary between several decimeters (for archaeological
or environmental mapping) and several kilometers
(for research of the deeper-lying geological structures of
the Earth’s crust, see Magnetic Methods, Airborne)
depending on the field of application.
Magnetic Gradiometry, Figure 1 The four-channel fluxgate
gradiometer of the Institute Dr. Foerster, Reutlingen, Germany.
Measurements in a grid of 0.05 by 0.06 m are possible with this
device. The two fluxgate sensors are 0.65 m apart.
Magnetometers
Quantum magnetometers (see also Magnetometers) and
saturable-core magnetometers are generally suitable
for use in gradiometers. Alongside the fluxgate satura-
ble-core magnetometers, cesium vapor magnetometers
have become a standard in many areas (aeromagnetic
survey, marine geophysics, environmental geophysics,
and archaeological prospection) due to the improved
noise signal levels against the Overhauser magne-
tometers or the helium-cooled sensors (Nabighan and
Asten, 2002).

Fluxgate gradiometers measure a single component of
the Earth’s magnetic field (usually the vertical compo-
nent), while gradiometers consisting of quantum
magnetometers (i.e., proton precession and cesium vapor
sensors) measure the component of an anomaly in the
direction of the Earth’s ambient magnetic field, as this is
much larger than the anomaly itself (Blakely, 1996).
Additionally, fluxgate magnetometers are directionally
sensitive and subject to a temperature-related drift,
and therefore often have to be recalibrated during
measurements.

Instead of using a pair of different magnetic field sen-
sors and differentiating their outputs in order to derive
a magnetic gradient value, a single sensitive element can
be used for measuring directly a magnetic gradient. This
is done by the use of a stiff metallic string clamped at both
ends and pumped with an AC current, the frequency of
which is tuned to the second eigenmode of the string.
The string is excited at that eigenmode in the presence of
a quasi-static magnetic gradient. Then, the corresponding
mechanical displacements of the string can be measured
by the use of an inductive technique with an instrumental
noise envelope of less than �10�12 m, per 1 s measure-
ment interval (Veryaskin, 2001).

Advantages and limitations
In measurements with a gradiometer, the measured signal
amplitude of the magnetic anomaly of an interfering body
decreases by the power of three or four depending on the
distance between the two sensors. A gradiometer is there-
fore somewhat less sensitive to deeper-lying features than
a total-field magnetometer, where the signal amplitude of
an anomaly decreases by the power of three depending
on the distance of the sensor to the interfering body. How-
ever, gradiometers react very sensitively to interfering fea-
tures close to the surface and possess a higher spatial
resolution in small-scale structures than total-field
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magnetometers. The variability in time of the Earth’s mag-
netic field and other sources of interference that are far
enough away from the gradiometer, and whose influence
on the sensors is equal or at least of a similar level during
gradiometer measurements, can be eliminated – or at least
significantly reduced – by subtracting the simultaneous
readings of the two sensors from one another. An advan-
tage of gradient measurements, arising from the ambiguity
present in all potential field measurements, is the suppres-
sion of broad regional changes in the magnitude of the
magnetic field – the long wavelength component. With
gradiometer measurements, the local variations are
enhanced, making small and weakly magnetic targets rec-
ognizable. Gradiometer surveys are particularly useful in
areas that are geologically complex. Due to the resulting
difference, the magnitude of the anomalies is, however,
100 m

N

0

Magnetic Gradiometry, Figure 2 Archaeological survey: Magnetic
Württemberg, Germany. Four defensive trenches surround a fort m
foundations of a stone building (principia), as well as several wood
settlement. Magnetic anomalies show the position of streets, stone
smaller than the amplitude that one would achieve with
a total-field magnetometer. This means that a total-field
magnetometer can detect anomalies of smaller and
deeper-lying features which cannot be detected by
a gradiometer. Fluxgate gradiometers are very sensitive
to their position in relation to the magnetic vector field:
an ever so slight change in the inclination of the instru-
ment during measurements can lead to incorrect results
(Schmidt and Clark, 2000).

The use of vertical gradiometers for magnetic mapping
effectively removes the time variations in the magnetic
field map without having to establish base stations, net-
works, or tie lines and is the only insurance against elimi-
nation of the high-frequency component that contains the
small or weakly magnetic targets. Gradiometers have
shown that they can offer a high degree of immunity from
−4 nT 6 nT

gradiometer map of the Roman fort in Rainau-Buch, Baden-
easuring 140 by 150 m. In the center one can recognize the
en barracks with their hearths. South of the fort is the adjacent
buildings, cellars, and pits.
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diurnal and minor magnetic storm activity in the ambient
magnetic field; they can enhance near-surface, small, or
weakly magnetic anomalies.
Magnetic Gradiometry, Figure 3 Forensic geophysics:
Detection of a burial at the edge of a field (marked by a circle).
The linear anomalies are produced by drainage pipes and
geological structures in the substratum.
Areas of application
Vertical axial gradiometers are used for measuring the ver-
tical differences (the vertical gradient) in the vertical com-
ponent of the Earth’s magnetic field. This configuration is
commonly used for ground-based geophysical surveys in
the field of environmental geophysics, in areas with com-
plex geology and archaeological prospecting, as the influ-
ences of deeper-lying interferences can be suppressed by
this setup of the sensors. For practical reasons, the distance
between the sensors of a gradiometer used for ground-
based surveys lies somewhere between 0.5 and 1 m. As
a rule, the ground penetration and detection ranges to
about one to two meters below the surface. Deeper detec-
tion can be achieved if the interfering body is accordingly
large and strongly magnetized. Fluxgate gradiometers are
commonly found in environmental geophysics and in
archaeological prospecting (Figure 1). Surveys can be
conducted at faster rates, and the highest requirements
for spatial resolution of the smallest archaeologically rele-
vant features can be met with measurement grids of 0.05
by 0.06 m without the fluxgate sensors influencing each
other. Sometimes, these very small measuring intervals
are necessary in archaeological prospecting in order to
achieve the best possible spatial resolution of archaeolog-
ical features (von der Osten-Woldenburg et al., 2006). The
magnetic gradiometer map of a Roman fort and its adja-
cent settlement (Figure 2) that was obtained with a mea-
surement grid of 0.25 by 0.25 m, shows a large number
of diverse, often very characteristic anomalies which
allow conclusions to be drawn on the position, shape,
and size of defensive trenches, centrally located staff
buildings with stone foundations, wooden barracks with
their hearths, as well as buildings (stone-foundation build-
ings, street layouts, cellars, and pits) of the settlement
adjacent to the fort.

Magnetic gradiometry is also employed in forensic
geophysics, even if the radar method has been established
as the standard procedure (Cheetham, 2005). However,
certain general conditions such as a sufficient distance to
the iron cores of reinforced concrete, fences, and other
metal constructions must be provided, and it must be
ensured that there is no metal refuse in the ground itself.
The procedure is identical to that of archaeological
prospecting: research is undertaken in small-scale, near-
surface survey as the burials themselves are usually close
to the surface. The human body only has a small measure
of magnetic susceptibility, so a direct detection of the
remains by magnetic gradiometry is not possible. But the
excavation of a grave and the disruption of strata leads to
disturbances of the layers of soil close to the surface that
are usually magnetically homogenous, and the refilling
of the grave with the excavated material – in which the
magnetic particles are now statistically aligned – usually
generates weak geomagnetic anomalies, often smaller
than 2–3 nT (Figure 3). The displacement of soil with
a significantly higher susceptibility by the human body
can intensify this effect.

Axial gradiometers are also used in aeromagnetic sur-
veys (seeMagnetic Methods, Airborne), i.e., by helicopter
for the detection of ordnance remains close to the surface
(Doll et al., 2006), in the prospection of mineral deposits
(see Magnetic Methods, Surface) and for research of
anomalies in the Earth’s magnetic field and deeper-lying
geological structures of the Earth’s crust (see
Magnetovariation Studies) from stratospheric balloons
with a base length of sensors as far as 6 km apart (Webers
et al., 2009).

Transverse and longitudinal gradient magnetic mea-
surements are applied in aeromagnetic surveys (Hogg,
2004), in marine geophysics, and space exploration (see
Magnetic Methods, Satellite). The distance of the magne-
tometers from one to the other can range from 1.5 m
(e.g., in cable and pipeline survey, or for detecting smaller
metallic objects) to more than 500 m (for the detection of
magnetic sediments close to the surface, shipwrecks, and
the prospecting of mineral deposits), depending on the
required area of application.
Summary
Magnetics belong to themost commonly usedmethods for
prospecting in applied geophysics when attempting to
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infer the position, geometry, and physical parameters
of a body of interference or geological structure through
the measurement of magnetic anomalies (Schmidt and
Clark, 2006).

Gradiometers with two vertically arrangedmagnetome-
ters that are positioned between 0.5 and 1 m apart, and
which measure the vertical gradient and vertical compo-
nent of the Earth’s magnetic field have distinct advantages
over total-field magnetometers, especially in ground-
based magnetic measurements in environmental geophys-
ics (surveying of contaminated sites, examination of
building construction sites, archaeological research of for-
mer settlements): they offer a high resolution in smaller
features which is, however, gained at the cost of a lesser
penetration of the ground in comparison to measurements
made with total-field magnetometers. Additionally, they
are very sensitive to close-by sources of interference.
Background interference (such as the variability in time
of the Earth’s magnetic field and other nearby sources of
interference) can be eliminated or significantly reduced
by subtracting the simultaneous readings of the two sen-
sors in the gradiometer arrangement.
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Synonyms
Aeromagnetics

Introduction
Making measurements from the air of the Earth’s
magnetic field is a well-established geophysical survey
method. The normal practice is to measure the scalar
amplitude of the magnetic field in the survey area, this
being referred to as the total magnetic intensity (TMI),
the name reflecting the fact that the measurements repre-
sent the resultant of all the magnetic fields, of whatever
source, in the vicinity of the measurement. The major con-
tributions come from the geomagnetic field and the fields
due to magnetic rocks in the upper crust, the latter being
the fields of interest.

Initially used to infer the depth to magnetic rocks
beneath nonmagnetic cover in sedimentary basin studies
and for identification of major lineaments, the products
from aeromagnetic surveys have evolved to now be
a reliable means of creating detailed maps of the near-
surface geology. Current developments in aeromagnetics
are mostly related to the increasingly sophisticated infer-
ence of the 3D distribution of magnetism in the Earth’s
crust using inverse modeling methods.

Comprehensive accounts of aeromagnetic data, acqui-
sition, processing, and interpretation are proved by Gunn
(1997) and Reeves (2005).
Making magnetic measurements from the air
Airborne magnetic data are acquired as a series of parallel
“survey” or “flight” lines and more widely spaced orthog-
onal “tie” lines (Figure 1). The purpose of the tie lines is to
create repeat measurements at the locations where they
cross the flight lines, which are required during processing
of the data (see below).

An advantage of making magnetic measurements from
the air is that unless the survey area is small, typically less
than a few square kilometers, it is much faster and cheaper
to acquire the data than for a ground-based survey. The
main disadvantage is that variations in topography, espe-
cially if the terrain is rugged, may seriously affect the ability
to position the aircraft as would be preferred and also affect
the individual measurements in a hard to predict way.
Equipment
Airborne measurements are routinely made using fixed-
wing aircraft and helicopters. Surveys using fixed-wing
aircraft are about a factor of four times cheaper than heli-
copter surveys, but helicopters have the advantage of
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Magnetic Methods, Airborne, Figure 1 Schematic illustration
of the flying pattern used in aeromagnetic surveys.
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being able to fly lower and better maintain a consistent
ground clearance in rugged terrain, but have the disadvan-
tage of being less stable survey platforms.

To reduce effects of magnetic fields originating in the
aircraft the magnetic sensor, usually a cesium vapor mag-
netometer (seeMagnetometers), is located as far as possible
from the main body of the aircraft and hence the magnetic
fields associated with ferrous components and electric cur-
rents. For fixed-wing aircraft the magnetic sensor is
mounted in a “stinger” located aft of the aircraft. In helicop-
ters the sensor may be in a “boom” that positions the mag-
netometer in front of the aircraft or it may be within
a towed “bird.” The bird is a bomb-like device suspended
on a cable beneath the aircraft. A “compensation” system
within the aircraft is used to further reduce the effects of
magnetic fields originating from the aircraft.

In addition to carrying one or more magnetometers, the
survey aircraft also measures terrain clearance using an
altimeter and GPS position and time. One or more “base
station” magnetometers are also deployed on the ground
to measure temporal changes in the magnetic field in the
survey area to enable such variations to be removed from
the data (see below).
The importance of source-sensor separation
An important source of noise in aeromagnetic data is asso-
ciated with changes in distance between the magnetic sen-
sor and the magnetic materials. Any changes in this
distance will create variations in TMI, which could easily
be confused with those caused by changes in the local
geology. As the distance increases the measured magnetic
field variation decreases in amplitude and increases in
wavelength (Figure 2b). The wavelength increase is most
easily seen when the amplitude decrease is removed by
rescaling the individual profiles so they have the same
peak-to-peak amplitude (Figure 2a).

Ideally the survey aircraft maintains a constant ground
clearance during the acquisition of the data, referred to
as “drape” flying. In practice, aircraft are subject to the
effects of wind and turbulence and the inaccuracies of
human control. In addition, all aircraft have a limited abil-
ity to maneuver, especially climb. Figure 3 shows the
flight path of a fixed-wing aircraft across a ridge and adja-
cent areas. When short wavelength variations in topogra-
phy (B on the diagram) are encountered, the aircraft
cannot respond quickly enough to maintain the separation
and positive relief will bring the magnetic sources closer
to the sensor, with a corresponding increase in the ampli-
tude of the magnetic field (c.f. Figure 2), and vice versa.
When large topographic features are encountered (A on
the diagram) the aircraft will inevitably vary its ground
clearance because of its limited ability to climb and to
a lesser extent descend. If, as is the normal case, alternate
flight lines are flown in opposite directions, adjacent parts
of survey lines will have markedly different ground clear-
ance adjacent to topographic features. This will introduce
spurious variations into the data.

Current practice is to “program” a preplanned flight
path for the aircraft, which the pilot follows using a real-
time display. This program accounts for the terrain and
the aircraft’s performance. The aim is to achieve the best
“loose drape,” whereby terrain clearance effects are mini-
mized as far as is practical. Note that even if a perfect
drape was achieved, the effects of terrain would not be
totally removed because even in the ideal scenario there
are still the effects of variations in the distances to mag-
netic materials because it is not just the materials directly
below the aircraft that are influencing the measurements.
The measurement at X in Figure 3 will be affected more
by the magnetic materials to the side than beneath because
of the lesser distance to these materials, although this sce-
nario only occurs in severe terrain.
Survey design
Sampling theory requires individual measurements of
TMI to be spaced at a maximum of half the wavelength
of the shortest wavelength of variation. Economic and
safety factors mean this is rarely practical and some
aliasing of responses is the norm. This is not necessarily
a major problem since during qualitative interpretation
of the data it is relative changes in amplitude and texture
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Magnetic Methods, Airborne, Figure 3 Example of the flight path of a fixed-wing survey aircraft across rugged topography.
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that are used, and in fact accurate definition of the varia-
tions is only required when specific anomalies need
to be analyzed quantitatively (see Magnetic Anomalies,
Interpretation) and often there is a follow-up, more
detailed, survey of the area of interest to improve anomaly
characterization.
Survey specifications
The survey geometry, illustrated in Figure 1, requires def-
inition of three key parameters: the survey line spacing
and orientation and the flight height. Typical values of
two of these variables for different survey types are given
in Table 1. Note that the tie-line spacing is a dependent
variable, typically being set to ten times the survey line
spacing, although this may be reduced to five times or less
for high resolution surveys.
The survey line spacing controls the cost of the survey,
which for fixed-wing aircraft is based on the total length of
lines flown. The total line length of a survey in terms of the
survey area and line spacing can be estimated from the
equation below (Brodie, 2002).

Total line length ¼
1000 1þ DSurvey lines

DTie lines

� �
: Survey area

DSurvey lines

Where D and D are the survey- and tie-
Survey lines Tie lines
line spacings in meters, respectively, the total line length is
in kilometers, and the survey area is in square kilometers.

To this cost must be added nonproduction costs such as
mobilization and “stand by” costs associated with factors
outside the acquisition company’s control, for example,
bad weather, magnetic storms. With helicopter surveys
the time spent in the air is also taken into account, and
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Survey line spacing (m) Tie-line spacing (m) Flight height (m)
Sampling ratio:
Survey/Tie linea

Shortest along-strike wavelength
sufficiently sampled

50 500 40 7.5 100
100 1,000 50 15 200
200 2,000 60 30 400
400 4,000 80 60 800

aassumed flight speed is 240 km/h (67 m/s) and 10 Hz sampling resulting in a 6.7 m along survey line sampling interval. These parameters
are typical for a survey with a fixed-wing aircraft.
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may be significant in mountainous areas where weather
conditions severely restrict data acquisition both in terms
of flying time and location (Mudge, 1996).

It is clear from Figure 2 that the lower the flight height
the greater will be the amplitude of the targeted responses
and also the shorter the wavelength of variation, and hence
the greater the ability to resolve adjacent features. Figure 2
implies the lowest possible flight height should be used,
but safety considerations mean flight heights are some
tens of meters. “Crop-duster” fixed-wing aircraft or heli-
borne surveys may fly lower but ultra-low flying is not
necessarily an advantage from a technical point of view
since it means maintaining consistent terrain clearance is
more difficult. Besides, there may be very shallow mag-
netic sources whose anomalies mask those of deeper, more
significant variations (Doyle and Lindeman, 1985).

Reid (1980) showed that accurate definition of a TMI
anomaly requires the sample spacing to be a maximum
of half the source-sensor separation. The combination of
the rate at which the aircraft’s magnetometers make
a measurement (typically 0.1 s) and the velocity of the air-
craft (typically 220–280 km/h for a fixed-wing aircraft)
result in an along flight line sample spacing of about 7 m
for fixed-wing aircraft. Helicopter surveys with a 0.1 s
sampling typically have a 4–5 m spacing, but the trend
is to employ faster sampling magnetometers, reducing this
spacing to even less. The important outcome from the
above is that the along-line sampling exceeds the require-
ments of sampling theory for practical flight heights and
the variations in TMI in the direction of the flight path
can be considered as more than adequately characterized.
The same is not true for variations in the directions perpen-
dicular to the survey line direction because, as shown in
Table 1, the spacing of these lines is very much greater
than the along-line sampling interval. Note that since
anomaly wavelength decreases with source-sensor separa-
tion, a low flight height combined with wide survey lines
will lead to greater aliasing in the direction perpendicular
to the survey lines. This is reflected in the parallel increase
in flight height with line spacing in Table 1.

Conventionally airborne geophysical surveys are flown
with the flight lines oriented perpendicular to the domi-
nant geological strike direction. The rationale for this is
that there will be shorter wavelength variations across
strike than parallel to strike, and hence the greatest sam-
pling density should be in the strike-perpendicular
direction. For elongate anomalies the short wavelength
variation parallel to strike is small, so significant aliasing
does not occur. In practice economic considerations dictat-
ing the survey line spacing mean, there is inevitably some
aliasing of TMI variations in the direction perpendicular to
the survey lines.

Even if there is some variation in the strike across the
survey area, and there is also a conflict caused by varia-
tions in stratigraphic and structural strike, it is best to use
a single-line orientation. If this is not the case the data
are very difficult to process into an easily interpreted form.

For surveys in equatorial regions the east–west elonga-
tion of magnetic responses associated with low declina-
tions (<30
) means it is always preferable to fly surveys
with north–south survey lines.
Data processing
The term data processing refers here to the removal of
noise prior to enhancement (seeMagnetic Data Enhance-
ments and Depth Estimation) and interpretation of the data
(see Magnetic Anomalies, Interpretation). The aim of the
processing is to create an instantaneous “snap shot” of
TMI variations across the survey area with the contribu-
tion from the geomagnetic field removed. It is normal
practice to complete at least preliminary processing in
the field to ensure that the data are of acceptable quality.

The main source of noise in aeromagnetic data is tem-
poral changes in the Earth’s magnetic field, which occur
during the course of the survey and hence from the mobile
sensor’s perspective are indistinguishable from lateral var-
iations in TMI due to the geology of the survey area. It is to
determine such variations that the repeat measurements
inherent in the survey/tie-line geometry are required
(Figure 1), along with the TMI time series recorded by
each base station.

The removal of the noise is achieved in a series of steps.
Figure 4 shows a raster display of an aeromagnetic dataset
after each of the processing steps described below.
Figure 4a shows the data after compensation for aircraft-
related effects. Note the dominant characteristic is
a north–south striping (corrugations) with a wavelength
approximately equal to twice the line spacing; this being
primarily the result of the temporal changes in the geo-
magnetic field during the survey and deviations of the
aircraft from the ideal flight path.
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Magnetic Methods, Airborne, Figure 4 Gridded TMI data from an aeromagnetic survey in Australia. The colors represent changes in
amplitude (hot colors high, cold colors low) and the intensity represents a shaded relief presentation designed to highlight north–
south trending features. (a) Data after compensation formagnetic fields originating in the aircraft. (b) As for (a) but with correction for
temporal variations in the geomagnetic field as measured by a base station magnetometer. (c) As for (b) but with international
geomagnetic reference field removed and tie-line leveling corrections applied. (d) As for (c) except for microleveling. Images created
by Cowan Geodata Services.

MAGNETIC METHODS, AIRBORNE 765
Correction for temporal changes in the
geomagnetic field
The Earth’s magnetic field varies in intensity at a range
of time scales; see Geomagnetic Field, Theory. Of signif-
icance to aeromagnetic surveys are magnetic storms
(during which surveying must be discontinued) and
micropulsation and diurnal variations. Micropulsations
are variations in the geomagnetic field that last from
a few seconds to a fewminutes. They change in both phase
and amplitude over distances comparable to survey
dimensions. Diurnal variations have periods of 24 h and
magnitudes of up to about 50 nT.

The principal means of removing micropulsation and
diurnal variations is the base station magnetometer read-
ings (the base station readings also allow the recognition
of the onset of a magnetic storm). The readings in the air-
craft and base station are time synchronized. In theory the
variation at the (stationary) base station should represent
geomagnetic field variations that occur during the course
of the survey, and subtracting the base station readings
from the time equivalent survey reading should leave
a residual dataset free of the temporal variations. How-
ever, this is an imperfect process since the amplitude and
phases of the changes vary with location. To counter this
multiple base stations may be used for large surveys.
The subtraction causes a base line shift in the data but this
is unimportant since it is relative variations in TMI that are
required for interpretation of the data (see Magnetic
Anomalies, Interpretation). Often an average intensity of
the magnetic field in the survey area is added to each mea-
surement to return the data to closer to likely absolute
values. Figure 4b shows the magnetic dataset after correc-
tions for temporal changes in the geomagnetic field derived
from a base station dataset. The degree of striping in the
data is significantly reduced, although it is not eliminated.

Removal of geomagnetic field
It is normal practice to remove spatial variations in TMI
caused by the geomagnetic field as defined by the Interna-
tional Geomagnetic Reference Field (IGRF), seeGeomag-
netic Field, IGRF. The wavelengths of variation of the
field are very large compared to survey dimensions,
and subtraction from the observed data will not usually
significantly affect variations of interest. Nevertheless it
is standard practice to remove such variations and it is
computationally trivial to do so.
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Tie-line leveling
Ideally the processing described above will mean the TMI
measured along the survey- and tie-lines at their cross-
over points will be identical. In practice, there will always
be mismatches because of the imperfect aircraft compen-
sation, spatial variations in diurnal and micropulsation
related changes, but also because there are uncertainties
in the aircraft’s position, that is, where the cross-over
occurs within the datasets. Differences in elevation
between the survey- and tie-line measurements are the
main source of error.

The minimization of the differences at the cross-over
points is referred to as “leveling.” Various approaches
are used but normally there is an initial estimate of the
extent to which location errors are responsible for the dif-
ferences. Once these are accounted for the remaining dif-
ferences at each line intersections are used to adjust the
amplitudes along the survey lines. The most common
method involves fitting a smooth function to the differ-
ences and using this to estimate leveling “corrections” at
each measurement point along the survey lines. Figure 4c
shows the magnetic data after removal of the IGRF (min-
imal effect) and tie-line based leveling. Corrugations in
the data are now all but invisible.
Microleveling
Microleveling is a loosely defined term for making
adjustments to the data when the processing stream
outlined above is complete and artifacts appear to remain
in the data. The details of these methods are mostly pro-
prietary but are all various forms of low-pass filtering.
The filter characteristics are often defined by the flight
and survey line spacing, for example, Minty (1991).
Microleveling is usually applied after the data have been
gridded (see below), and the correction so derived used to
adjust the individual survey measurements prior to re-
gridding. Figure 4d shows the example magnetic data
after application of a commercial microleveling process.
There is some improvement in the lateral continuity of
anomalies.
Gridding
By far the most common form of display and input to
enhancement oriented processing operations are data
projected on to a regular grid. Gridding the data is
a compromise between honoring detailed sampling along
the survey lines and producing smooth interpolation into
areas between lines where no readings have been made.
The grid cell size, that is, distance between interpolated
locations, is conventionally between 1/3 and 1/5 of the
survey line spacing. The loss of information in the survey
line direction is balanced by an acceptable degree of reli-
ability of interpolated points located between the survey
lines. Nevertheless, especially with greater survey line
spacing, aliasing frequently causes laterally continuous
features to appear as a series of adjacent sub-circular
features, referred to as “beads.” This effect becomes worse
as the trend of the anomalies approaches that of the
survey lines.
Discussion of data processing
The processing described above is a combination of pro-
cesses with a basis in field measurements and processes
requiring the judgment of an expert processor, because it
is not practical to collect the necessary data to process
the data perfectly. There is no way to reliably judge the
accuracy of the final measurements, but an accuracy of
�1 nT is often quoted for individual points in the gridded
datasets.
Summary
Mapping variations in TMI allows variations in rock mag-
netism in the upper crust to be mapped, from which geol-
ogy may be inferred. The main sources of noise in
magnetic data are temporal changes in the geomagnetic
field and variations in the distance between magnetic
sources and the magnetometer caused by changes in air-
craft altitude. Temporal changes are accounted for by
comparing survey data with readings contemporaneously
recorded by a magnetometer on the ground. Discrepancies
in repeat readings at the same location allow any
remaining temporal change noise to be removed along
with corrections for variations in survey altitude. The
resulting data are projected on to a regular grid for display
as raster images.
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Definition
The term “Magnetic Methods” in geophysics generally
refer to the collection of techniques, which aim to interpret
the structure of the Earth’s crust based on the physical
property of magnetism.

Most commonly this term refers to those applications
bymeans of which investigations are carried out regarding
the subsurface structure and processes, guided by the pres-
ence of magnetic material in the Earth’s crust.
Introduction: nature of magnetism
This article attempts a simple language description of how
the material property of magnetism is exploited in geo-
physical terms to derive information regarding various
aspects of solid Earth structure and processes.

Intuitively, magnetism makes us think of an iron bar,
which aligns itself in the north–south direction. A magne-
tized bar has its power concentrated at two ends, its poles;
they are known as its north (N) and south (S) poles,
because if the bar is hung by its middle from a string, its
N end tends to point northwards and its S end southwards.
The N end will repel the N end of another magnet, S will
repel S, but N and S attract each other. The region where
this is observed is called the magnetic field. Either pole
can also attract iron objects such as pins and paper clips
because under the influence of a nearby magnet, each
pin or paper clip becomes itself a temporary magnet, with
its poles arranged in a way appropriate to magnetic attrac-
tion. If a much stronger/bigger bar magnet is placed near
the suspended one, the latter will get aligned in a direction
oriented towards the former, deviating from the original
N–S direction.

Magnetic attraction occurs even when iron magnets
are not evident. The Earth itself behaves like a giant
weak magnet, which exerts its influence on a very wide
range of magnetic materials. Out in space there is no mag-
netic iron, yet magnetism is widespread. For instance, sun-
spots consist of glowing hot gas, which are all intensely
magnetic. Study of magnetism over the centuries by
scientists like William Gilbert, Charles Coulomb, Hans
Christian Oerstad, Andre–Marie Ampere, Michael Fara-
day, Heinrich Lorentz, and James Clerk Maxwell has led
to the knowledge that electricity and magnetism are dif-
ferent manifestations of the same fundamental force field
and are related to each other at microscopic and macro-
scopic scales.

Magnetism is caused by the flow of electric current in
a conducting material. In space, on the Sun and in the
Earth’s core, electric currents are the only source of mag-
netism. Within magnetic materials, bulk magnetism is the
result of the motion of electrons in an atom, which sets up
a magnetic field around itself.

Components of the Earth’s magnetic field
The Earth’s magnetic field probably originated about
3.45 billion years ago and played a vital role in protecting
the planet from damaging solar radiation, which may
have stripped it of its atmosphere and water, making it
completely unsuitable for life as we know it (Tarduno
et al., 2010). Though the exact cause of the magnetic force
continues to elude researchers, it is well established that
electric currents, be on microscopic or macroscopic scales
are linked to the existence of a magnetic field. The Earth’s
magnetic field, which is the strongest one among the rocky
planets, extend 36,000 miles into space.

In solid earth geophysics, we deal with the following
components:

1. The weak all-pervading geomagnetic field, generated
by complex processes in the Earth’s core, having
a dipole and a non-dipole component (mainly
represented by secular variations).

2. The smaller but often locally stronger magnetic fields
generated by magnetic materials present in the crust
and upper mantle of the Earth.

3. Motional induction in the ocean waters.
4. The magnetic field of the Sun, very strong but far away

from the Earth, acting on the magnetospheric field.
5. Ionospheric fields, which are influenced by Earth’s

main field and also magnetospheric effects.

All these magnetic fields interact with each other
and what we can sense and measure is a summation of
all of their influences. The Geomagnetic field has a low
amplitude but a very large radius of influence from the
Earth’s core to the magnetosphere. Near the surface of
the Earth, it is influenced locally by the presence of mag-
netic material. Beyond the Earth and its atmosphere, the
magnetosphere and ionosphere are strongly influenced
by the interaction of particles and radiation coming from
the Sun.

“Magnetic Methods” are implemented with an inten-
tion to remove the effects of the ambient Geomagnetic
and solar magnetic fields from the measurements of mag-
netic force on the Earth’s surface, isolate and study the
local magnetic fields and use them to trace the sources of
crustal magnetic material. This leads to the knowledge of
the internal structure and processes operating in the
Earth’s crust as well as concentrations of magnetic ores
in the crust.

Magnetic materials/rocks
For this method to be applied, materials found in the
Earth’s crust and upper mantle need to be categorized by
their response to externally applied magnetic fields, in this
case the Earth’s magnetic field. When a material is
influenced by a magnetic field, the magnetic forces of
the material’s electrons will be affected. This effect is
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known as Faraday’s Law of Magnetic Induction. Mate-
rials can react quite differently to the presence of an exter-
nal magnetic field, depending on the atomic andmolecular
structure of the material and the net magnetic field associ-
ated with the atoms. The magnetic moments associated
with atoms have three origins: electron orbital motion,
the change in orbital motion caused by an external mag-
netic field, and the spin of the electrons. An understanding
of the magnetic property requires quantum mechanical
analyses. A working understanding can be acquired from
the simplified concept of atomic structure given by Ernest
Rutherford. In most atoms, electrons occur in pairs, which
spin in opposite directions. So, when electrons are paired
together, their opposite spins cause their magnetic fields
to cancel each other. Therefore, no net magnetic field
exists. Alternately, materials with some unpaired electrons
will have a net magnetic field and will react more to an
external field. Most materials can be classified as diamag-
netic, paramagnetic, or ferromagnetic.

The magnetization of a material is expressed in terms
of density of net magnetic dipole moments m in the mate-
rial. We define a vector quantity called the magnetiza-
tion M by

M ¼ mtotal V= :

Then the totalmagnetic fieldB in thematerial is given by
B ¼ B0 þ m0M

where m0 is the magnetic permeability of space and B0 is
the externally applied magnetic field. When magnetic
fields inside materials are calculated using Ampere’s law
or the Biot–Savart law, then the m0 in those equations is
typically replaced by just m with the definition

m ¼ Kmm0

whereKm is called the relative permeability. If the material
does not respond to the external magnetic field by produc-
ing any magnetization, then Km = 1. Another commonly
used magnetic quantity is the magnetic susceptibility
which specifies howmuch the relative permeability differs
from one.

Magnetic susceptibility wm ¼ Km � 1

For paramagnetic and diamagnetic materials, the rela-

tive permeability is very close to one and the magnetic
susceptibility very close to zero. For ferromagnetic mate-
rials, these quantities may be very large.

Another way to deal with the magnetic fields which
arise from magnetization of materials is to introduce
a quantity called magnetic field strength H. It can be
defined by the relationship

H ¼ B0 m0 ¼ B m0== �M

and has the value of unambiguously designating the
driving magnetic influence from external currents in a
material, independent of the material’s magnetic response.
The relationship for B above can be written in the equiva-
lent form

B ¼ m0 H þMð Þ
H and M will have the same units, A/m.
Diamagnetic metals have a very weak and negative sus-

ceptibility to magnetic fields. Diamagnetic materials are
slightly repelled by a magnetic field and the material does
not retain the magnetic properties when the external field
is removed. These are solids with all paired electrons
resulting in no permanent net magnetic moment per atom.
Diamagnetic properties arise from the realignment of the
electron orbits under the influence of an external magnetic
field. Most elements in the periodic table, including cop-
per, silver, and gold are diamagnetic.

Paramagnetic metals have a small and positive suscep-
tibility to magnetic fields. These materials are slightly
attracted by a magnetic field and the material does not
retain the magnetic properties when the external field is
removed. Paramagnetic properties are due to the presence
of some unpaired electrons, and from the realignment of
the electron orbits caused by the external magnetic field.
Paramagnetic materials include magnesium, molybde-
num, lithium, and tantalum.

Ferromagnetic materials have a large and positive sus-
ceptibility to an external magnetic field. They exhibit
a strong attraction to magnetic fields and are able to retain
their magnetic properties after the external field has been
removed. Ferromagnetic materials have some unpaired
electrons so their atoms have a net magnetic moment.
They get their strong magnetic properties due to the pres-
ence of magnetic domains. In these domains, large num-
bers of atom’s moments are aligned parallel so that the
magnetic force within the domain is strong. When a ferro-
magnetic material is in the unmagnetized state, the domains
are nearly randomly organized and the net magnetic field
for the part as a whole is zero. When a magnetizing force
is applied, the domains become aligned to produce a strong
magnetic field within the part. Iron, nickel, and cobalt are
examples of ferromagnetic materials. Components with
these materials are commonly inspected using the magnetic
method. Ferromagnetic materials will undergo a small
mechanical changewhenmagnetic fields are applied, either
expanding or contracting slightly. This effect is called
magnetostriction.

In oxide crystals, the large oxygen ions keep the metal
ions far apart, and exchange of electrons among them
can only occur through indirect exchange, resulting in
antiparallel directions of adjacent atomic magnetic
moments, giving rise to antiferromagnetismwhich is weak
and positive. Ilmenite is such a mineral, which becomes
paramagnetic at room temperatures. Parasitic ferromagne-
tism occurs in minerals having defects in their lattices, like
hematite. In spinel crystal structures, the indirect exchange
process involves anitiparallel and unequal magnetization
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of the sublattices, resulting in ferrimagnetism, which
changes to paramagnetism beyond Curie temperature.
The most important such minerals are magnetite, pyrrho-
tite, goethite (Lowrie, 1997).

Thus, an external magnetic field will strongly attract
ferromagnetic materials, weakly attract paramagnetic
materials, and weakly repel diamagnetic materials. Fur-
ther details are given in Magnetic Domains; Remanent
Magnetism and Magnetic Anisotropy.
Measurement of magnetic field and magnetic
anomaly
The Earth’s magnetic field varies in strength and direc-
tion over time and space as a result of the varying degrees
of interactions of the causal fields. Each of the compo-
nents of the magnetic field, mentioned above, influence
and is influenced by the presence of the other compo-
nents. This makes the study of the Earth’s magnetic field
interesting and challenging. Sensors are designed to
record the total effect of the Earth’s magnetic field and
also to track the variations of one or more of the com-
ponents. Many different kinds of magnetometers have
been developed over the history of study of magnetism,
details may be checked up on in Magnetometers. Near-
Earth and near-polar satellites measure the magnetic field
from space.

The compilation and processing of all such measure-
ments have allowed the magnetic field of the Earth to be
mapped successfully (www.ngdc.noaa.gov/IAGA/vmod/
igrf.html, http://smsc.cnes.fr/html-images/solid_earth.htm).
Details of such techniques are to be found in Magnetic
Methods, Satellite; Magnetic Methods, Surface; Geomag-
netic Field, Measurement Techniques. The International
Association of Geomagnetism and Aeronomy (IAGA),
through many participating agencies of magnetic field
modelers and the institutes involved in collecting and dis-
seminating magnetic field data from satellites and from
observatories and surveys around the world, generates the
standardmathematical description of the Earth’s mainmag-
netic field, which contain the contributions of all the sources
listed above.

A key concept in Magnetic Method is that of magnetic
anomaly. An anomaly is a deviation from a normal.
Hence, embedded in the word “anomaly” are the concepts
of the ideal and the real, which is different from the ideal.
In the case of the magnetic field of the Earth, the ideal field
is visualized as that produced by currents within a homo-
geneous outer core, which is essentially contained in the
International Geomagnetic Reference Field (IGRF), see
Geomagnetic Field, IGRF; Geomagnetic Field, Theory;
Geomagnetic Field, Global Pattern. ThisMain Field itself
changes with time and the IGRF needs to be redefined
periodically.

At any given point of time the IGRF is overlayed by
the effects of secular variations and geomagnetic jerks,
by variations in solar activity and crustal magnetization,
which varies from place to place within the magnetic
field (see Geomagnetic Excursions; Geomagnetic Field,
Secular Variation). The standard technique of Spherical
Harmonic Analyses (see Spherical Harmonic Analysis
Applied to Potential Fields) enable the Main Field
(dipole field, non-dipole field, and secular variations of
each) to be quantified and separated from the total
observed magnetic field. The higher order terms in the
energy density spectrum represent the contribution to the
total field by crustal magnetization. It is the aim of “mag-
netic methods” to isolate and study these contributions,
which are generated by composition and structures of
the Earth’s crust under the influence of the ambient mag-
netic field.

Magnetic anomaly maps provide insight into the sub-
surface structure and composition of the Earth’s crust.
Anomalies trending parallel to the isochrons (lines of
equal age) in the oceans reveal the temporal evolution of
oceanic crust. Magnetic maps are widely used in the
geological sciences and in resource exploration. Further-
more, the global magnetic map is useful in science educa-
tion to illustrate various aspects of Earth evolution,
such as plate tectonics and crustal interaction with the
deep mantle. Distinct patterns and magnetic signatures
can be attributed to the formation (seafloor spreading)
and destruction (subduction zones) of oceanic crust,
the formation of continental crust by accretion of various
terranes to cratonic areas and large scale volcanism
(both on continents and oceans). Anomaly maps depicting
crustal magnetization represent the cumulative effects of
the Earth’s magnetic field from the time of formation of
the rocks within the crust, through various stages of meta-
morphism and finally the present ambient field (see Rem-
anent Magnetism). The Main Field of the Earth, generated
from the core, changes its strength and direction over mil-
lions of years and these influences are superimposed in
the magnetization patterns of the minerals in the rocks.
Techniques of separating these (see Remanent Magne-
tism; Paleomagnetism, Measurement Techniques and
Instrumentation) embedded signatures are available and
yield information about the Earth’s magnetic field of the
past and the present.

The total magnetization of a rock is thus the summation
of remanent and induced magnetizations, which have dif-
ferent directions and intensities. Hence, the resultant vec-
tor is not parallel to the present magnetic field. The
Konigsberger ratio Q is defined as the ratio of the intensity
of magnetization to that of induced magnetization. Com-
monly, values of Q are low for magnetic minerals on land
because these minerals are dominantly multi-domain in
structure, which are reoriented by changes of the ambient
magnetic field. Also they frequently have high susceptibil-
ity and the Earth’s present magnetic field can induce
a strong magnetization. On the other hand, ocean basalts,
which were formed by extrusion and rapid underwater
cooling, have very high Q values because of the structure
and size of the grains as a result of the quenching.
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The component of induced magnetization can be
neglected and interpretations made as if the magnetization
is entirely remanent.

The variations of the magnetic field with altitude, lati-
tude and longitude are dominated by the vertical and hor-
izontal variations of the dipole field. The altitude
correction is given by the vertical gradient of the magnetic
field. The corrections for latitude and longitude are inher-
ent in the reference field that is subtracted, or the latitude
correction can be given by the north–south horizontal gra-
dient of the magnetic field. In highly magnetic terrains, the
disturbing effect of magnetized topography may require
topographic corrections (see Magnetic Data Enhance-
ments and Depth Estimation).

Interpretation of magnetic anomalies on land
By analyzing magnetic anomalies, geophysicists are able
to learn about geologic structures, which may be buried
beneath the Earth’s surface. Geologic structures (such as
faults or igneous intrusions) often produce small magnetic
fields that distort the main magnetic field of the Earth. Vol-
canic rocks are the most prevalent magnetic lithology, and
we expect high-amplitude, short-wavelength anomalies
over volcanic terranes. Steeply dipping faults that offset
subhorizontal units often produce magnetic anomalies that
appear as linear trends on aeromagnetic maps. Latites, on
the other hand, often are extruded from volcanic plugs and
thus tend to produce intense, somewhat circular magnetic
anomalies (often as magnetic lows, because the latites are
generally reversely polarized). Metavolcanic rocks,
gabbros, and some of the intrusive rocks can produce
prominent magnetic anomalies.

The magnetic properties of sedimentary rocks, such as
Paleozoic sequences of dolomite, limestone, and sandstone,
are usually weak, such that the resulting magnetic anoma-
lies are very small in amplitude and undetectable by air-
borne surveys. The Precambrian metasedimentary rocks
are generally incapable of producing detectable magnetic
anomalies, although there are some notable exceptions
like the iron-rich metachert and metagraywackes.

Interpretation of magnetic anomalies in the
oceans
The special characteristics of magnetisation of the oceanic
crust was discovered in the 1950s, when large areas of
oceanic crust were found to be characterized by long
stripes of alternating positive and negative magnetic
anomalies in the Pacific Ocean. On magnetic profiles per-
pendicular to the axis of a spreading ridge, these anoma-
lies had a remarkably symmetric pattern on both sides of
the ridge. Samples of pillow basalts dredged near to ridge
crests have been found to possess moderate susceptibili-
ties and large remanent magnetizations. The ocean basalts
are able to account for most of the anomalies measured in
the offshore. The oceanic crust formed at a spreading ridge
acquires a thermoremanent magnetization in accordance
with the geomagnetic field of the time of formation. While
the polarity of the field remains constant, the crust formed
carries the same signature. After a polarity reversal,
freshly formed basalts acquire magnetization, which is
parallel to the new field and opposite to the previous one.

In cases where oceanic magnetic anomalies have two
sources, from the upper basalts and the lower gabbros,
the two contributions will be a little out of phase spatially
because of the curved depth profiles of cooling isotherms
in the oceanic crust. The net effect will be an asymmetry of
inclined magnetization directions on opposite sides of
the ridge, which needs to be carefully resolved during
interpretation. There are contrary view, which need to be
established.

Locally anomalies of the continent-ocean margins
are interpreted in terms of variations of the crustal
composition.

Summary
The physical phenomenon of magnetism is one of the
oldest subjects of study by humans. Simplified concepts,
on the basis of which this property can be used to gather
knowledge about the internal structure of the Earth forms
the essence of this article. Details of each aspect have been
dealt with in other articles of this volume.
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Definition
Magnetic field. A vector force field produced by moving
electrical charges (electric currents and magnetized
material).
Satellite. A compact body orbiting another body in space,
and, in this case, human-made container carrying equip-
ment for measuring magnetic fields (magnetometers) and
the direction of its sensors.
Introduction
Magnetometers (qv) onboard Earth-orbiting satellites mea-
sure precise near-Earth magnetic fields in space from sen-
sors mounted on booms to reduce interference from the
spacecraft’s magnetic fields. Since the dawn of the age of
the Earth-orbiting satellites, the POGO series (three mis-
sions during 1965–1971, periapsis (lowest altitude) of
about 400 km, scalar only, Cain (2007)), Magsat (6 months
during 1979–1980, alt. 325–550 km, Langel et al. (1982)),
CHAMP (2000–2010, alt. 300–450 km, Lühr et al. (2009)),
Ørsted (1999–2010+, alt. 650–850, Olsen (2007)) and
Ørsted-2/SAC-C (2000–2004, alt. 	700 km, Olsen
(2007)) satellites have made significant contributions to
the field of geomagnetism. The Swarm mission (2011
onward) is a three-satellite constellation, at altitudes below
400 km and above 530 km, and will likely lead to an order
of magnitude better resolution on the measured magnetic
fields due to the possibility of simultaneously measuring
certain external fields in different locations and the ability
of measuring magnetic gradients (Friis-Christensen et al.,
2006). The magnetic fields sensed in the near-Earth envi-
ronment primarily originate from the Earth’s core field
dynamo, lithosphericmagnetic fields from rocks’ ferromag-
netic components, and ionospheric fields and magneto-
spheric fields of different origin in addition to their
electromagnetic-induced counterpart in the conducting
mantle, crust, and the oceans. It is possible tomodel (or sim-
ulate) and separate all these components and study their
characteristics, but this is difficult to do so precisely, for
localized, rapidly time-varying fields due to sampling inad-
equacies. Slowly varying components like the core field
and the nearly static components from the lithosphere can
be isolated well with long period observations (i.e., core
fieldmodels (e.g., POMME-6.0,Maus et al., 2009) and lith-
ospheric field models (e.g., MF6, Maus et al., 2008) from
CHAMP and Ørsted satellites). A continuous model of cer-
tain aspects of these magnetic fields from POGO to
CHAMP/Ørsted satellite era, including the ground mag-
netic observatory data, has also been achieved for quiet
external field conditions (Sabaka et al., 2004).
Two primary types ofMagnetometers (qv) used aboard
satellites are scalar and vector; the scalar magnetometers
typically measure total magnetic field intensity (magni-
tude), whereas the vector magnetometers measure fields
in a particular orientation (magnitude, typically, in three
orthogonal directions) relative to a baseline. Vector mea-
surements are essential for separating fields above and
below the observation plane (Backus, 1970); vector mea-
surements also reduce a particular non-uniqueness in the
interpretation of scalar magnetic anomalies close to the
magnetic equator (Backus, 1970; but see also, Maus and
Haak, 2003).

Polar orbits (orbital inclinations >80
) of these satel-
lites allow near-global coverage of the magnetic field
observations. The relative position of the satellite with
respect to Earth is always changing. For precision mea-
surements (<1 nanotesla or nT) with vector magnetome-
ters (fluxgate type), the knowledge of the attitude
(direction) of the sensors is necessary within a few
arcseconds and is derived from star cameras (modern sat-
ellites have multiple-head star cameras for cross-check
and backup). Vector magnetometers are relative instru-
ments and may also drift with time, meaning their
baseline changes with time. Thus, their field is calibrated
against scalar magnetometers (rubidium, cesium, helium,
Overhauser proton precession magnetometers) onboard.
Sources of errors
The current magnetometer instrument accuracy is high
(error of< 0.1 nT) (Nielsen et al., 1995) and the magnetic
field measurement precision, which include errors in the
sensor attitude determination, are also small (�1 nT)
(Olsen et al., 2003). The main difference in the processing
of the satellite-borne magnetic data, from those of aero-
magnetic/marine/ground surveys for crustal studies (qv
Magnetic Methods, Airborne) is in the determination and
treatment of external fields. External fields are dynamic
and, since the satellite flies through the ionosphere, the
ionospheric fields cannot be separately monitored for the
purpose of their removal as in the case with the magnetic
surveys close to the Earth’s surface. Spatial and temporal
models are necessary of different sources of fields, such
as the core field, the lithospheric field, and the ionospheric
and magnetospheric fields from a plethora of different
phenomena that also involve Earth-Sun interactions.
Many of these fields overlap in space and time and with
only a few simultaneous observations there can be no per-
fect isolation of these different sources of fields. The
imperfection matters most to the analyses and interpreta-
tion of crustal/lithospheric fields because these fields at
satellite altitude are relatively small (a few nT and hence
the signal-to-noise ratio is low) and contain coalesced
effects of individual sources of geologic/tectonic features
as a result of the high observation altitude. Also, the mag-
netic effects of all geologic features of small dimensions
are attenuated below the noise level of the observations
(Ravat et al., 2002) and information about these features
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cannot be recovered. To minimize these difficulties for
isolating the lithospheric fields, the data are selected from
the quietest external field conditions; these quietest exter-
nal fields are modeled to the best of one’s capability, and
the remaining external fields are filtered out (Ravat et al.,
1995; Langel and Hinze, 1998; Maus et al., 2008). The
ability of selecting a large amount of local night-time data
(less ionospheric field contribution) at low altitude during
geomagnetic quiet conditions (solar minimum) during the
epoch of the CHAMP satellite has led to an order of mag-
nitude advance in the determination of the global long-
wavelength magnetic fields.

Overall characteristics of the geomagnetic field
Over 99% of the magnetic field measured at the satellite
altitude originates from the Earth’s core dynamo and only
a fraction of a percent arises from the ferromagnetic
components in the lithosphere (�20 nTat 350 km elevation,
�200 nTwhen downward continued to the Earth’s surface).
The core field varies in intensity from 24,000 nT at the geo-
magnetic equator to over 65,000 nT at the geomagnetic
poles. It is convenient to represent the global field measured
from satellites in terms of spherical harmonic coefficients.
The core field dominates the longer wavelengths (>2,800
km) represented by the spherical harmonic coefficients of
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magnetic field model from Maus et al. (2008), superimposed with i
degree<14, whereas the lithospheric field (i.e., magnetic
anomalies) dominates in the complementary shorter wave-
length part of the field. The features of the core field and
its temporal changes (on the order of<�150 nT/year)
reflect the fluid flow processes in the outer core (Holme,
2007; Whaler, 2007). In addition, satellite magnetic-field
data provide the spatial and temporal coverage necessary to
study the conductivity variations within the Earth, and the
phenomena of geomagnetic jerks (sudden change in the sec-
ond derivative of the field with time) and the variations in the
length of the day (i.e., changes in the Earth’s rotation rate)
(Olsen, 2007). Examples of the interpretation of the satel-
lite-derived magnetic anomalies are given in Ravat (2007)
and Purucker and Whaler (2007), and their features and the
current use are described below.

Features of the lithospheric satellite-derived
magnetic field
Figure 1 shows the vertical component of the magnetic field
measured by CHAMP satellite, downward continued to the
surface of the Earth. For the following discussion, features
of this field should be compared to the CGMW, Geological
Map of the World (http://ccgm.free.fr/index_gb.html). Even
though there is no observable continent-ocean boundary-
edge effect in the data, statistics is no longer needed to
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differentiate between continental and oceanic magnetic vari-
ations observed on this map. The correlation of the features
of the magnetic field with geologic provinces is strong.
Themagnetic field over the oceans is vastly smaller in ampli-
tude except over the edges of the magnetic polarity quiet
zones (qvGeomagnetic Field, Polarity Reversals) and many
oceanic islands and plateau regions. Over the continents,
where not attenuated due to rise in the Curie isotherm (qv
Curie Temperature) from recent tectonic/magmatic events,
themagnetic field over theArchean and Precambrian regions
stands out in comparison to Phanerozoic lithosphere. Many
of the oceanic North–South-oriented stripes parallel to
North–South trending oceanic ridges are real in this map,
but some could be an artifact of the pass-by-pass filtering
and misleveling of base levels in adjacent satellite passes
(see, e.g., the NW-SE trending South West Indian Ridge
between Australia and Antarctica also has north-south fea-
tures perpendicular to the ridge – the expectation here is that
stripes should be parallel to the ridge). Overall, however, the
MF6 magnetic anomaly field (Maus et al., 2008) is a vast
improvement over its predecessors and amenable to quanti-
tative geologic modeling and new geologic interpretations.
Modern uses of satellite-altitude magnetic
anomalies
Despite their long-wavelength nature compared to near-
surface magnetic-anomaly data, there are several advan-
tages and uses of satellite-altitude magnetic anomalies of
lithospheric origin: (1) Availability of vector data make
it possible to minimize some of the instabilities near the
magnetic equator (Backus, 1970); (2) Several magnetic
surveys since the inception of the aeromagnetic and
marine magnetic surveying in the 1940s have been
processed using ad-hoc processing of long-wavelengths
fields and processing with different IGRF core-field
models (qv Geomagnetic Field, IGRF) that are piece-
wise continuous, and hence cause artifacts in regional
compilations. These problems have led to spurious inter-
mediate- and long-wavelengths to the extent that misinter-
pretation of lower-crustal magnetic features can occur
(e.g., zones of regional magnetization, depth to Curie
isotherm/magnetic bottom). These problems can be over-
come by replacing the intermediate- and long-wavelength
field by downward-continued satellite-altitude field
in regional compilations (Ravat et al., 2002; Bankey
et al., 2002). The long-wavelength CHAMP field has
also been used to provide a common datum in the pre-
paration of the World Digital Magnetic Anomaly Map
(http://projects.gtk.fi/WDMAM/project/perugia/index.html,
Korhonen et al., 2007); and (3) Several regions of the
world have little or no coverage of magnetic anomalies;
in these regions, the downward-continued magnetic field
gives some idea of the intermediate- and long-wavelength
anomaly field that could be useful in regional geologic
interpretation.

The main limitation of satellite-altitude magnetic fields
is that the magnetic effects of geologic sources have
coalesced at satellite altitudes. High precision of the
MF6 field has partly circumvented this issue by down-
ward continuation of the field to the surface; however,
the part of the short-wavelength signal that is in the noise
level at the satellite altitudes cannot be recovered. Thus,
only features of > 350 km wavelength can be reliably
mapped with the present satellite-altitude data. Another
milestone to be achieved is the separation of the litho-
spheric field from the field attributed to the core of the
Earth (spherical harmonic degree<14). The latter may
pose challenges in the recognition of the continental and
oceanic boundaries and a number of large cratonic regions
of the world (as discussed by Purucker et al., 1998; how-
ever, this inference has been challenged by the study of
Hemant and Maus (2005)).
Summary
Over the last decade, the availability of continuous time
series of high-precision magnetic measurements from
space (Ørsted, CHAMP and Ørsted-2/SAC-C satellites)
has significantly advanced the knowledge of magnetic
fields observed in the near-Earth environment compared
to the previous space-borne magnetic observations. These
magnetic fields are produced by many sources, ranging
from the core of the Earth to the regions deep in the
Earth’s magnetosphere, and include also effects caused
by the Sun’s direct influence on the Earth. The newest
CHAMP-based lithospheric field models (e.g., MF6,
Maus et al., 2008) have a wealth of geologic information
that can be used to improve regional and local magnetic
survey compilations and decipher regional geologic
characteristics difficult to assess from local or regional
magnetic anomaly compilations or areas devoid of
near-surface magnetic measurements on the Earth.
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Definition
Magnetic observatory. Magnetic observatories continu-
ously measure the Earth’s magnetic field at fixed locations
at the Earth’s surface. They are designed to operate for sev-
eral decades to stably record rapid and slow variations of
the earth’s magnetic field and report time-averaged values
that estimate the form of the Earth’s magnetic field. Since
observatories started operating in the nineteenth century,
the methods of measurement, reporting, and analysis have
varied over region and time. After the International Geo-
physical Year (IGY – 1957–1958), the quality and organiza-
tion of the data have been standardized, making spatial and
temporal studies easier, more refined, and consequent
models more accurate. The International Association for
Geomagnetism and Aeronomy (IAGA) is the coordinating
body for the magnetic observatories of the world, standardi-
zation of measurement, exchange of data, and presentation
of models of the Earth’s magnetic field. There are about
200 magnetic observatories reporting standardized data,
and several more making continuous variation measure-
ments (Figure 1).

INTERMAGNET. Classical torsion magnetometers,
with analogue-photographic systems, were replaced in
the 1980s by improved fluxgate magnetometers and digi-
tal data acquisition systems. More recently, a magnetic
standard evolved by IAGA, INTERMAGNET (Interna-
tional Real-time Magnetic Observatory Network), has
resulted in a network that provides one-minute values of
the three components of the geomagnetic field, in near-
real time. INTERMAGNET standards of measurement
and digital reporting have been adopted by over 100
observatories, worldwide.
Observatory and semi-long-term measurements
Magnetic observatory data are used to report and study
periodic and episodic variations that are classified by time
scale and mechanism: Long term secular variation, 11-
year solar cycle, annual, semi-annual, seasonal, and daily
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Magnetic Methods, Surface, Figure 1 Currently operating observatories, updated in 1996 (Jankowski and Sucksdorff, 1996).
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Magnetic Methods, Surface, Figure 2 Diagram showing the
different types of geomagnetic variations (Okeke et al., http://
www.saao.ac.za/	wgssa/as4/fokeke.html).
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variation and shorter transient variations classed as distur-
bances (Figure 2).

Observatory yearbooks often give the average solar
daily variation for different months of the year, and even
separately for quiet, disturbed and all days. Based on an
analysis of magnetic activity by trained observers, and
estimation of the activity indices (most commonly K), five
quiet and disturbed days are selected for each month by
the International Service of Geomagnetic Indices.

Magnetic variations have characteristics, varying over
latitude and period attributed to different sources – solar
activity from 11 years to 27 days; diurnal harmonics of ion-
ospheric currents from 24 to 4 h; shorter events like sudden
commencements, sudden impulses, substorms (bays) from
�2 h to 1 min; magnetic pulsations, with small amplitude
and short periods from 1 to 60 s. Hourly and daily variations
are a measure of solar interaction with the Earth’s magnetic
field. This can be both solar radiation, interacting daily with
the ionosphere or corpuscular streams interacting with the
magnetosphere, manifested as disturbances. Regular solar
daily variation is also a function of season, solar activity,
and latitude. The variation of the magnetic field on magnet-
ically quiet days is called the solar quiet day variation or Sq
variation. Magnetic storms (	day), substorms (	hour), pul-
sations (	min), sudden impulses, and solar flares are some
of the transient disturbances. The longer, slower variations
are obtained frommonthly and annual means of observatory
data. The trends seen in the data complied over the last
150 years have been used to produce spherical harmonic rep-
resentation of the Earth’s magnetic field that is internally
generated and its secular variation that are indicative of pro-
cesses within the Earth’s mantle and outer core. Definition of
the main magnetic field and secular variation are currently
supplemented by low-earth orbiting satellites (OERSTED,
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CHAMP missions, for example). This is one of the fastest
growing areas of study.

Magnetic measurements
Vector and scalar measurements: Magnetic measurements
can be scalar (total field) or vector. To define the vector, three
out of seven elements need to be measured simultaneously
(Figure 3). Commonly, any three of these elements are
measured in a magnetic observatory as variations, to fully
define variations of the total magnetic field.

Absolute measurements: Most vector magnetometers
used in magnetic observatories (earlier torsion, and
recently fluxgates) usually drift in time due to several fac-
tors such as temperature variations, magnetic moment,
and aging of the electronics. In order to periodically
recalibrate the vector measurements, absolute measure-
ments fully defining the magnetic field vector are
performed, to complement continuous measurements, on
a regular basis (typically once a week). Such measure-
ments are made by a trained observer using a single-axis
fluxgate magnetometer mounted onto a nonmagnetic the-
odolite and a scalar magnetometer. From which, the con-
tinuous measurements can be calibrated to a baseline
defined by absolute measurements. Two types of data are
available from observatories: preliminary data, which are
made available in quasi-real time (less than 72 h), and
definitive data, which are produced only once a year, typ-
ically a few months after the end of the calendar year.
After reducing time variations to absolute baseline at
a location, continuous observations of the vector magnetic
field are produced at desired sampled intervals: minute,
hour, day, month, year, etc. These data are available
for all years going back to the start of observations at
each observatory. The format for easy assimilation and
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Magnetic Methods, Surface, Figure 3 Magnetic elements,
defined in geographic and geomagnetic coordinates.
(Jankowski and Sucksdorff, 1996).
distribution of this data are formulated by IAGAworking
groups – updated periodically since 1957–1958. This data
is also available at World Data Centers for Geomagnetism,
established in different countries, partly by their research
institutions and partly funded by IAGA.
Products of observatory data
Magnetic field values at different points on the Earth, their
variation on different timescales are obtained. The Earth’s
magnetic field has been approximated as a dipole and more
accurately expressed as a spherical harmonic series, based
on time-averagedmeans of observatory data, byGauss, dem-
onstrating that 95% of the field intensity is derived from
inside the Earth and 5% due to external currents in the atmo-
sphere (now known as magnetosphere). The magnitude of
the magnetic field components varies from 0 to 60,000 nT.
From variations of the magnetic field at regularly sampled
intervals, much information can be extracted. The time-
averaged values over months and years provide a data set
approximating the potential field of the internally generated
magnetic field. The absolute value of the field at a point on
the Earth can therefore be estimated with accuracy of
	0.01%. These values define the shape of the Earth’s mag-
netic potential field (Figure 4). This is termed the Interna-
tional Geomagnetic Reference Field, for a stated epoch
(instant in time). Other data sets from magnetic surveys
and satellites are added to refine the IGRF (seeGeomagnetic
Field, IGRF).

Secular variation: Variation in monthly and annual
means defines the secular, slow change of the Earth’s inter-
nal magnetic field. This has been mapped going back to
about 300 years. Secular variation is, however, a small vari-
ation compared to absolute values and is determined as
change over years of averaged variation. The change is as
small as 	10 nT/yr. The pattern of secular variation places
constraints on the theory of generation of the Earth’s mag-
netic field and maps fluid flow in the outer core. It is also
the only means of studying electromagnetic and thermal
properties of the Earth’s outer core (depth: 3,000 km) (see
Geomagnetic Field, Secular Variation).
Solar radiation and quiet day variations
Daily variation at each observatory has contributed to the
definition of solar-induced daily ionospheric currents
(Sq). Variation with latitude and season has also been
defined (Figure 5). These variations range between 10
and 100 nT, in each component. In this, diurnal variation
is the most prominent. Monthly, seasonal, and annual var-
iations are largely controlled by radiation (F10.7) from the
sun. The effects of solar radiation on the ionosphere drive
electric current loops in the ionosphere (height	100 km).
Study of these regular variations from both observatory
data and in recent decades, from satellite data, has resulted
in better models of the current loops and their variability.
In addition, solar-induced disturbances affect the earth’s
magnetic field.
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Magnetic disturbances and solar activity
Study and classification of magnetic disturbances, the
influence of sunspot activity, etc., were noted and
a theory explaining these phenomena evolved, from
a study of observatory data, during 1920–1940. This the-
ory has since been corroborated from a direct observation
of corpuscular radiation streams from the Sun and magne-
tospheric currents, by satellites. Magnetic disturbances are
of varying time period from minutes to days. Magnetic
storms are the most prominent among these with charac-
teristics variations of 	100 nT. Short period events like
bays, sudden commencement, and solar flares have ampli-
tudes of 	10 nT [magnetic pulsations, storms].

Each day’s variations are analyzed and classified from
quiet to disturbed, as a measure of magnetic activity in the
earth’s magnetosphere, in a manner that eliminates geo-
graphic difference. Geomagnetic indices were formulated
as a composite of reported variations from observatories at
different locations. These indices, and several new ones, con-
tinue to be reported and are updated, revised in accordance
with discussion and resolutions passed by IAGA.
Uses of observatory data
From the individual magnetic observatories established
150 years ago, and some earlier measurements, a pattern
of global behavior of the magnetic field came to be
defined. After the International Geophysical year (IGY),
in 1957, studies of the earth’s physical properties, time
variations and mechanisms, intensified. Observatory data
are useful in determining rapid, medium term as well as
slow variations in earth’s magnetic field. Each range of
variations, studied for specific signals, contributes to the
understanding of different processes (Figure 6).

Some of the phenomena being currently studied are:

1. Secular variation of the magnetic field at different
places on the Earth. It is then expressed in spherical
harmonic coefficients and included in the IGRF by
adding time derivatives of coefficients. Knowledge of
these variations is important in theoretical modeling
of the geomagnetic dynamo. It is the only means of
studying the motions of the electrically conducting
fluid in the Earth’s outer core, where the main geomag-
netic field is generated. These data are also widely used
to calculate time-varying core field models, often in
combination with satellite magnetic data or historical
data (see Geomagnetic Field, Global Pattern).

2. The regular variations of the magnetic field are related
to rotation and/or orbital movements of the Earth, Sun,
and Moon. The most prominent is the diurnal variation
or solar daily variation, having amplitudes of the order
of 10–100 nT(nanotesla). Solar radiation ionizes the
higher atmosphere during the daylight hours, and the
gravitational forces of the Sun and the Moon force
the ionospheric layers in a tidal motion. So the ionized
gas in the ionosphere moves in the magnetic field of the
Earth, creating electric currents which are seen as daily
variations in magnetic recordings. There are two well-
known periodic variations, the solar daily variation and
the lunar daily variation.

3. A global network is essential in monitoring the pattern
of geomagnetic storms, local disturbances, mapping of
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currents generated in the magnetosphere, and thereby,
inferences about presence of charged particles, models
of magnetic field lines.

4. Induced currents in the crust and mantle are caused
by external variations of the earth’s magnetic field.
For each periodic and episodic event described above,
a corresponding current is induced in the finitely
conducting layers of the Earth. An estimation of
these currents provides a measure of the electrical con-
ductivity distribution within the Earth’s crust and man-
tle. This has been applied as a tool to study the Earth’s
interior and a large volume of electromagnetic varia-
tion data has been collected solely to this purpose.
In the past decade induced signals from satellite
magnetic data have been used to model electrical
conductivity distribution, over continents and oceans
(see Geoelectromagnetism).
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5. Ground observation networks provide calibration and
control of magnetic survey satellites and complement
detailed ground surveys of the magnetic field.

6. Magnetic pulsations –10 Hz to 600 s – are small ampli-
tude variations generated at the boundary between
magnetosphere and solar wind, under various dynamic
conditions and transmitted through the magnetosphere
and ionosphere, and carry signatures of the properties
of these regions as well.
Land surveys
Magnetic surveys are conducted on land to determine
changes in physical properties of subsurface rocks
(viz., magnetic susceptibility). Magnetic field scalar
(or vector) is measured using a suitable portable magne-
tometer at precisely determined points in the survey
area. The measurements provide variation of the mag-
netic field strength over the area surveyed, at a desired
sampling length (in m or km), depending on the extent
or depth of anomaly expected. (Magnetic Methods, Air-
borne; Magnetic Methods, Principles; Magnetometers;
Magnetovariational Studies) At the same time a record
of temporal variations is made, at a central point in the
survey area, or by tying up the survey to a nearby obser-
vatory. The field values, which could be scalar values of
total field, or a component of the vector are then
corrected for diurnal variation occurring during the sur-
vey. This is a crucial aspect of magnetic surveys. If the
survey is over a sufficiently large region (	100 km),
IGRF values of the main magnetic field are also
subtracted from the data points. The variation over
the sampled points then indicates spatial changes,
which are interpreted in terms of changes in magnetic
properties of subsurface rocks. The variations found
from this data are 	100 nT and in the case of very
large anomalies it maybe 	1,000 nT. The accuracy of
determining these anomalies depends on the accurate
measurements, both at survey points and base stations.
Most modern magnetometers can measure a spot value
to 0.1 nT accuracy. But determining the anomalous
value from this requires precise reduction of data.
Errors of alignment, timing, and baseline values can
affect subsequent analyses. Presence of man-made
electromagnetic effects also affect surveys. Therefore,
it is it is possible that errors of upto 2 nT are present.
Fast surveys like marine and aeromagnetic are most
effective in obtaining relative changes, rather than
accurate estimation of magnitudes.

Most commonly, change in magnetic susceptibility
indicates a change in composition of rock. In certain
instances, in the study of crustal magnetization, it could
indicate thermal changes (Global Magnetic Anomaly
Map). Since the amount of ferromagnetic minerals varies
considerably, among different crustal rocks, magnetic sur-
veys are a quick and effective method for detecting sub-
surface variation in rock type. Magnetic surveys are
a viable method to obtain information regarding the
crystalline basement over areas of sedimentary cover. The
method has also been used to provide information on
upper crustal structure and thermal state, along major geo-
transects. The results of magnetic surveys are presented in
the form of contour maps of intensity of total or any field
component. The anomaly maps are prepared after subtrac-
tion of the IGRF, and do not contain any signatures of the
dipole field of the earth, including averaged crustal effects.
Such maps/data grids can be modeled as a simple potential
field caused by the anomalous susceptibility distribution
alone. This is the utility of magnetic surveys. Modeling
of these potential fields is considerably advanced, with
inversion over two and three dimensional bodies possible
(seeMagnetic Anomalies, Interpretation).

The most significant change in magnetic properties
occurs at Curie point, the depth varies considerably in dif-
ferent tectonic settings. Therefore, large-scale magnetic
surveys provide significant inputs to deep crustal studies.
Mapping of spatial magnetic variation provides informa-
tion about the thickness of the basement rock beneath
sedimentary basins/supracrustal rocks and thermal state
of the crust of that region.
Marine magnetic surveys
Methods of marine magnetic surveys are more elaborate,
since instruments have to be towed behind a vessel and
data collection is challenging. However, principles of
analysis are similar. These methods map the variation in
thickness of the oceanic crust – which consists of uniform
magnetic material (basalt). In the case of marine magnetic
surveys, the errors in measurement are greater, since the
vessel tows the magnetic sensor, it is liable to more move-
ment, making accurate measurement of position and mag-
netic value more error-prone. The magnetic anomalies
arising from distribution of magnetic basalt on the ocean
floor are at a distance of 1–5 km from the measuring plat-
form (ocean surface). From a careful elimination of errors
due to wave noise, position tracking, and instrument noise,
long track of marine magnetic anomalies have been
recorded. Over several decades, measurements have been
made in the campaign mode, and latest measurements
with better instruments have been tallied with older mea-
surements, so that a maximum amount of data could be
utilized. The amplitude of marine magnetic anomalies
is 	100–1,000 nT, after removal of IGRF values. The
geometry of marine magnetic anomalies is striking, they
trend in parallel lines and follow a long linear track across
the oceans. This feature has been recognized as bands of
basalt that have been added to the ocean floor in different
ages, creating new ocean floor, for over 200 million years.
Significant variations in marine magnetic measurements
have been attributed to pulses of ocean-floor formation.
These pulses belonging to different epochs have been
identified by adjacent stripes of differing magnetization
of the ocean floor – a significant discovery of the
phenomenon of “seafloor spreading” (Paleomagnetism,
Magnetostratigraphy).
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Principles of survey measurement
The measurement of spatial variation of magnetic field
depends on determining the value at a spot, obtaining the
position, and time of measurement, and eliminating tem-
poral variation, during the period of the survey, at each
location. For this, data have to be reduced to a time epoch
in contrast to observatory measurements, which provide
time variations at a fixed point. The objectives of a survey
govern the use of specific magnetic instruments, survey-
ing parameters (for example, observation elevation and
data spacing), and the coordinate system used for the anal-
ysis of the data. For geological interpretation either total
field scalar or vector measurements are suitable. But map-
ping of internally induced currents – in the crust, for tec-
tonic studies, or in the mantle and outer core, for studies
of the deep interior – requires vector measurements.
Instruments used vary from torsion magnetometer, to flux-
gate, proton precession, SQUID, etc. The precision of
most modern instruments is between 0.1 and 1.0 nT.

The residual, after removing temporal variation, is the
variation in potential caused by deflection of field lines,
through a volume of subsurface that has nonuniform mag-
netic properties.
Instrumentation technologies
The principles of magnetometers are:

1. Torsion magnetometers measure the opposing force
to the magnetic field – as in torsion fiber suspended
magnetometers and deflection measurements. This
was the oldest and mostly accepted method for nearly
200 years. Examples: Quartz horizontal magnetometer
(QHM), Balance magnetometer Zero (BMZ), Kew
Magnetometer, La Cour/Eschenhagen variometers,
and others.

2. Flux measurement, amplified and measured in a ferrite
sensor, with appropriate hysteresis – fluxgate magnetom-
eters.Accuracyof fluxgatemagnetometers canbeadapted
to different ranges ofmeasurement.Whenmounted in tri-
axial mode, they are give reliable values of the field. The
Magnetometers are sensitive to temperature variation
and internal noise, but these have been minmized
by improved design. They are suitable for observatories,
satellites, and unmanned vector measurements.

3. Magnetic Theodolite: Estimating opposing force to the
magnetic field as applied to a sensor of finite magnetic
moment – using an oscillating magnet and theodolite,
an old, classical method for absolute values – several
instruments are still in use as secondary standards.
A modern version of this is the Declination Inclination
magnetometer. Thus uses a singly fluxgate counted on
a theodolite. This is adjusted to a null position to find
the inclination of the magnetic field. In conjunction
with total field measurement, this would result in vec-
tor components. The theodolite also gives azimuth
and declination measurements. Since it is a null obser-
vation, accuracy is good. This has been adopted at
standard for modern magnetic observatories and is
increasingly used for surveys also.

4. Precession: Based on the frequency of precession of
hydrogen atoms (protons) after a strong external field
is applied. Precession frequency is proportional to the
ambient field. This is the most stable accurate method
at present. Counting of frequency is very accurate with
improved digital time stamping. The proton precession
magnetometer measures only the scalar of total field
intensity. An improvement of the same principle is
the Overhauser magnetometer, which stimulates pre-
cession almost continuously and thereby produces
a steady signal that is a measure of ambient field. This
magnetometer is now chosen for most remote, continu-
ous, and surveying operations.

5. Optically pumped magnetometers: The principle is of
optical excitation of cesium (or other) gas, with a
focused beam of coherent light. Zeeman splitting effect
produces splitting of the lines emitted by the sample
gas. The frequency of split is proportional to the ambi-
ent magnetic field.

6. Induction coil magnetometers: These operate on the
simple principle of measuring the output of a coil of
many windings around a ferrite core. The signal is pro-
portional to the derivative of the magnetic field. The
induction coil has good response of a wide frequency
range of measurement. This is used for rapid variation,
e.g., pulsations, magnetotellurics, etc.
Summary
The shape, strength and variations of the Earth’s magnetic
field, have been studied over 500 years. Starting frommea-
surements, repeated in time, at different places on earth, a
model of the Earth’s magnetic field, in space and time
has been built up. Magnetic observatories are places where
long time series of accurate measurements of the magnetic
field are made, analysed and disseminated to institutions
and persons seeking this information. Variations in differ-
ent period ranges provide information about diverse
processes, affecting the magnetic field. Short period varia-
tions (	min, hr) are indicative of disturbances in the mag-
netosphere caused by the Sun’s corpuscular streams and
magnetic fields, medium-term variations (	day, year)
describe effects of the sun’s radiation and long-term varia-
tions (~year, decade, century) provide insights into the
nature of the Earth’s internal magnetic field, its origin,
and modification in the Earth’s outer core (secular varia-
tion). Closely spaced measurements on the Earth’s surface
are used in studies for resource exploration, tectonics and
mapping the formation of the oceanic crust.

The form of the Earth’s magnetic field is defined every
five years, collating all available measurements as the
IGRF. This also provides estimates of secular variation.
The vast quantity of data collected about spatial and tem-
poral variations of the Earth’s magnetic field, has resulted
in increasingly accurate models of processes on the Sun, in
space and on and within the Earth.
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Definition
Magnetic Modeling usually refers to the process of
developingmodels of the Earth'smagnetic field based upon
measured magnetic data. A model may be as simple as rec-
ognizing that an anomaly is likely caused by a buried iron
object, or it may involve sophisticated data processing
and/or inversion to mathematically build a range of plausi-
ble models.
Introduction
When either a ground observatory or a satellite takes
a geomagnetic field measurement, it represents the super-
position of many sources. The greatest contribution is
generated from the dynamo action within the fluid,
iron-rich core of the Earth, known as the core field.
Although depending upon the altitude and location of
the measurement, the data may have sizeable contribu-
tions from the static lithospheric field being largely gen-
erated from rocks and remnant magnetism within the
Earth’s crust. Internal in origin are also small magnetic
signals produced by the electrical currents associated to
the water flow in oceans. On the other side, the external
field sources originate in the ionosphere and magneto-
sphere. These sources include the daily solar quiet varia-
tions, the ring current variations, and the many other
atmospheric current systems (e.g., the field-aligned cur-
rents and the auroral and equatorial electrojets). When
modeling Earth’s magnetic field one must also take into
account the currents induced in the Earth from these
external fields. Sporadic magnetic storms and pulses,
which have short-term effects, also play a role in the mea-
sured magnetic field values.

An important feature of the geomagnetic field is its var-
iability on many different timescales, from less than a sec-
ond to millions of years (Mandea and Purucker, 2005).
The knowledge of the Earth’s magnetic field relies on var-
ious data sources, ranging from rock magnetization mea-
surements to direct magnetic field measurements, from
historic magnetic measurements to recent high-quality
data provided by magnetic observatories and the magnetic
satellites as MAGSAT, Ørsted, CHAMP, and SAC-C
(Mandea et al., 2010a). A combination of ground and con-
tinuous satellite measurements allows the core magnetic
field and its time variation to be described with a very high
resolution in space and in time, on global scale (e.g.,
(Lesur et al., 2010; Olsen et al., 2010)). On the other side,
recent dynamo simulations have also contributed to the
understanding of the core field geometry and its dynamics,
and temporal changes (Christensen and Wicht, 2007;
Wicht et al., 2010).

The geomagnetic field changes in space and time,
therefore magnetic observations must continually be
acquired, on ground and near-Earth’s space. The magnetic
observations are performed in different ways and at vari-
ous platforms. Geomagnetic observatories have provided
the highest quality data, however with a very uneven spa-
tial distribution. To increase the spatial density regionally,
repeat station surveys are conducted bymany teams, but at
a national scale, only. Over the last decade, magnetic sat-
ellites have offered a uniform, global coverage, but face
problems of altitude control and ambient current in the
surrounding plasma.
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This very brief description of the sources contributing
to magnetic observations, suggests how challenging it is
to obtain a reliable mathematical description of magnetic
field for the modeling process. New mathematical tools
need to be developed to accurately describe magnetic data.
Depending on the available data and the base functions,
those models can be global or regional, static or time
dependent. The mathematical description of the different
kinds of field models, their physical backgrounds, and
applicability are vast subjects, and cannot be covered in
detail here. The main aim of this contribution is to give
to the reader a basic support and information for more
detailed readings.

Global field modeling
Spatial and temporal description
The geomagnetic field is a global phenomenon, so
the most obvious approach is to describe it on the whole
Earth’s surface. The magnetic field, following the
Maxwell equations is source-free, so it can be written:

H� ~H ¼~J þ @~D
@t

(1)

~
H � B ¼ 0 (2)

where ~H is the magnetic field,~B is the magnetic induction,
~J is the current density, and @~D=@t is the electric displace-
ment current density. In a region without magnetic field
sources, for example from the Earth’s surface up to
about 50 km, it is reasonable to assume that ~J ¼ 0 and
@~D=@t ¼ 0, so H� ~H ¼ 0, meaning that the vector field
is conservative in the region of interest, and the magnetic
field ~H can be expressed as ~H ¼ �HV , where V is
a scalar potential. Because ~B ¼ m0~H above the Earth’s
surface (where m0 = 4p � 10�7 H m�1), it follows that
H � ~H ¼ 0 and that V has to satisfy Laplace’s equation:

H2V ðy;f; rÞ ¼ 0 (3)

We underline that in geomagnetism themagnetic induc-

tion ~B is traditionally called “magnetic field.” We use the
same notation in the following. In spherical coordinates
(y, f, r), which are the geocentric co-latitude, longitude,
and radial distance, Laplace’s equation takes the form:

1
r
@2

@r2
ðrV Þ þ 1

r2 sin y
@

@y
sin y

@V
@y

� �
þ 1

r2sin2y
@2V

@f2 ¼ 0

(4)

Equation 4 solutions are products of three expressions

(the first is to be only a function of r, the second, only
a function of y and the third, only a function of f) and
can be solved by separation of variables. A completely
general solution is provided by spherical harmonics,
and can be written in such a form to express two impor-
tant contributions in the potential field: a part, V int describ-
ing the internal (core and lithospheric) sources, and
a part, V ext, describing the external (mainly magneto-
spheric) sources:

V ¼ V int þ V ext

¼ a
XNint

n¼1

Xn
m¼0

gmn cosmfþ hmn sin mf
� � a

r

� �nþ1
Pm
n ðcos yÞ

þ a
XNext

n¼1

Xn
m¼0

qmn cosmfþ smn sin mf
� � r

a

� �n
Pm
n ðcos yÞ;

(5)

where a = 6371.2 km is a reference radius, (y, f, r)
are geocentric coordinates, Pm

n are the associated Schmidt
normalized Legendre functions, Nint is the maximum
degree and order of the internal potential coefficients
gmn ; h

m
n , and Next is that of the external potential coeffi-

cients qmn ; s
m
n .

Some of the base functions show special characteristics
and are named individually:

 Zonal functions are characterized bym = 0 and are inde-
pendent of longitude.

 Sectorial functions, are defined by n = m, so there are
no zero crossings in latitude.

 Tesseral functions vary with both latitude and
longitude.

The Gauss coefficients can be interpreted in terms of
“sources.” The first term, g01, is associated with the geo-
centric dipole oriented along the vertical axis, that is, axis
of the Earth’s rotation, with dipole moment g014pa

3=m0.
The next two terms, g11; h

1
1, characterize the geocentric

dipoles oriented along the two last orthogonal axis.
The magnitude of the geocentric dipole is given by

M ¼ 4pa3=m0ð Þ g01
� �2 þ g11

� �2 þ h11
� �2� �1=2

, and pres-

ently is tilted at roughly 11
 from the rotation axis. The
potential for a dipole falls off as r�2, and the strength of
the field components as r�3. Similarly, for n = 2, the terms
represent the geocentric quadrupole (potential falls off
as r�3, and the strength as r�4), for n = 3 the terms repre-
sent the geocentric octopole (potential falls off as r�4, and
the strength as r�5), and so forth.

The first three Gauss coefficients g10; g
1
1; h

1
1

� �
represent

the dipole field, while the remaining terms represent the
non-dipole field. The lowest degree terms correspond to
the largest wavelength features of the field, and is domi-
nated by zonal harmonics. The first Gauss coefficient
has a cos y dependence, so at distance r the “wavelength”
of the associated magnetic feature is 2pr. Generally speak-
ing, the term gmn has a wavelength of 2pr= nþ1

2

� �
(Backus

et al., 1996).
To describe only the part of the geomagnetic field with

sources beneath the Earth’s surface, only the part V int of
Equation 5 is used. However, this first term of Equation 5
describes both the core and lithospheric fields. It is possi-
ble to separate sources originating in the core from those
originating in the lithosphere (Lowes, 1966) by computing
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the mean square value of the field over the Earth’s surface
produced by harmonics of a given n:

Wn ¼ ðnþ 1Þ
X
m

gmn
� �2 þ hmn

� �2� �
: (6)

Variation ofWn depends on degree n, it is known as the

power or Lowes–Mauersberger spectrum, and Figure 1
shows its behavior. The steep part of the spectrum
(n � 13) is clear and indicates the signature of the long
wavelengths of the core field, the transition degrees
(n = 14–15) can be attributed to signals from both the core
and the lithospheric sources, and the higher degrees
(n � 16) are dominantly lithospheric in origin.

The above description in terms of spherical harmonics
is used to characterize static or snapshot fields. Consider-
ing the definition of the components X, Y, and Z of the
magnetic field (in the northward, eastward, and radially
inward directions) and the definition of the spherical polar
coordinates (Merrill et al., 1996), it is apparent that
X ¼ �By; Y ¼ Bf and Z ¼ �Br. For a given epoch, the
components of the geomagnetic field are obtained from
themodel coefficients using the internal part of Equation 5,
as derivatives of potential:

By ¼ � 1
r

@

@y
ðV intÞ

¼ �
XNint

n¼1

Xn
m¼0

gmn cosmfþ hmn sinmf
� � a

r

� �nþ2

� @

@y
Pm
n ðcos yÞ (7)
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Magnetic Modeling, Theory and Computation, Figure 1 The power
the spectrum (n � 13) indicates the core field contribution, the transit
lithospheric contributions, and the higher degrees (n � 16) describe t
1 @

Bf ¼ �

r sin y @f
ðV intÞ

¼ 1
siny

XNint

n¼1

Xn
m¼0

m gmn sinmf� hmn cosmf
� � a

r

� �nþ2

� Pm
n ðcos yÞ (8)

@

Br ¼ �

@r
ðV intÞ

¼ �
XNint

n¼1

Xn
m¼0

nþ 1ð Þ gmn cosmfþ hmn sinmf
� � a

r

� �nþ2

� Pm
n ðcos yÞ (9)

Traditionally, the system of coordinates used in geo-

magnetism consists of the north, east, and center compo-
nents (sometimes denoted X, Y, Z).

Since the geomagnetic field changes in space and time,
the Gauss coefficients are also time-dependent. In order to
model time variations of internal origin, the secular varia-
tion, about 1 year of continuous observations is needed.
This variation is often assumed to be constant over short
timescales, and can be introduced by adding a secular-
variation potential, Vsv, truncated to Nmax

sv :

Vsv ¼ a
XNmax
sv

n¼1

a
r

� �nþ1Xn
m¼0

t � T0ð Þ _gmn cosðmfÞ�

þ _hmn sinðmfÞ�Pm
n ðcos ðyÞÞ

(10)
302520
egree
5

GRIMM 2010

SV 2010

SA 2010

spectrum obtained from the GRIMM model: the steep part of
ion degrees (n = 14–15) can be attributed to both core and
he lithospheric contribution. Units are in nT2.
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where _gmn ; _h
m
n denote the time derivative of the internal

Gauss coefficients, T0 the reference time (i.e., the epoch
of the core field model), and t is the considered time.

The time dependence of the core field coefficients
gmðtÞ
n ; hmn ðtÞ

� 	
up to a given degree n can also be described

by temporally more complex functions, for example,
B-splines. Generally, in the geomagnetic field modeling
process, the cubic (i.e., order 4) B-splines (Bloxham and
Gubbins, 1985; Jackson et al., 2000; Olsen et al., 2006;
Wardinski et al., 2008), or higher order B-splines (Sabaka
et al., 2004; Lesur et al., 2008; Olsen et al., 2009) are used.
Splines of order 4 result in a piecewise linear representa-
tion of @2

t
~B, which is not favorable for studying rapid

core field changes and geomagnetic jerks. Higher order
splines result in a smoother representation of @2

t
~B and

are therefore preferable. In order to be able to describe
rapid field temporal variations of the core field, a 6-month
knot separation is recommended. Recently, due to
a decade of high-resolution, high-precision satellite mag-
netic data, the secular acceleration can also be described,
by coefficients €gmn ; €h

m
n , denoting the second time deriva-

tive of the Gauss coefficients.

Inverse problem and implementation
To obtain a geomagnetic model and thereafter the field
component description, an inverse problem needs to be
solved, for which the standard model estimation technique
is summarized below.

The aim is to describe a given dataset in terms of
a series of parameters. The data can be assembled in
a data vector d of length N

dT ¼ ðd1; d2; . . . ;dNÞ: (11)

The model is defined by a set of M parameters assem-

bled in a model vector of length M

mT ¼ m1;m2; . . . ;mMð Þ: (12)

The basic assumption is that the data are related to the

model parameters through a function F(m), leading to
the relation:

d ¼ FðmÞ; (13)

which, for linear (or linearized) problems, reduces in
a matrix form:

d ¼ Am (14)

where A is an N � M matrix of coefficients, independent
of data values and model parameters. In the case of spher-
ical harmonics analysis, the data often consist of three
components of the magnetic field vector. The Gauss coef-
ficients define the parameter vector m. The A matrix ele-
ments contains M base functions evaluated at N data
positions – that is, spherical harmonics (or their gradients)
and their radial dependences.

Generally, more data are available than parameters to
be resolved, so N � M. In this case, the above equation
cannot be satisfied for every data, the inverse problem is
overdetermined and has no exact solution. Hence, model
parameters are sought such that the above equation is
solved approximately. The least square method minimizes
the sum of the squares of the errors in order to find
a solution. The usual solution to this problem is given by:

m ¼ ATWA
� ��1

ATWd (15)

as long as the inverse matrix G�1 ¼ ATWA
� ��1

exists.
To define the weight matrix W, it is observed that the
magnetic data from different platforms, and at different
times, can be affected by different error sources and these
error sources can even be correlated. The covariance
matrix Cd associated with these errors must be estimated,
inverted, and then used as weight matrix, that is,
W ¼ C�1

d . For uncorrelated data, the covariance matrix
is diagonal. In practice, this is rarely the case, but for com-
putational simplicity diagonal covariance matrices are
often used.

Inverse problems are sometimes ill-posed – that is,
some parameters or combination of parameters are not
resolved by the data. In that case, the inverse of
G ¼ ATWA

� �
does not exist, or is numerically difficult

to estimate. It results that small errors in data values can
lead to considerable changes in the parameters. The error
amplification must be controlled by appropriate measures
in the solution process: inverse problems can be regular-
ized by introducing regularization matrices in space and
time. A solution in the least square sense writes now:

m ¼ ATWAþ ltLt þ lsLs
� ��1

ATWd: (16)
It corresponds to a minimum of the functional:

F ¼ ðd�AmÞTWðd�AmÞ þ ltmTLtm

þ lsmTLsm
(17)

The choice of l and l damping parameter values is
t s
a difficult, and often computationally intensive task. If
criteria exist to determine these parameters, they are often
unpractical to establish, and therefore the parameters
choice often depends on the modeler skills, interests, and
a priori knowledge on the solution. The same formalism
is used to impose constraints on the model solution.

The models developed are more and more complex due
to the high quality of the recent satellite data, and to the
overall progress in data acquisition techniques and quality.
This combined with the developments of new mathemati-
cal tools, and better insight on the physical process under-
lying the generation of the magnetic field, has led to the
developments of complex codes that use up-to-date
numerical techniques.

From a computational view point, when large datasets
are used, the most time-consuming step in building
a model is to compute the matrixG = (ATWA). Typically,
a parallel computing environment is necessary to compute
this matrix in a reasonable amount of time, that is, less
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than a few days. Often, a re-weighted least-square
approach is needed to reach the best solution, requiring
the evaluation of G numerous times. In comparison,
inverting the matrix takes only few minutes for models
with 10–20 thousands of parameters. Overall, several
months are needed by a trained modeler to derive a robust
model of the Earth’s interior magnetic field.
Potpourri of recent global models
An important prerequisite for deriving more precise and
higher resolution models of the geomagnetic field is
the availability of high-quality measurements. Under the
assumption of suitable data, the modeling taskmay be sep-
arated in a few crucial steps. The first one is linked to data
selection, as in each single measurement all contributions
exist, and the wish is to minimize the external ones. In
the second, the inversion of magnetic measurements (as
shown before) to obtain a mathematical description of
the field distribution is foreseen, and finally a control of
the final model is needed.

Here, some of the most recent models are listed, and the
interested reader can find more information on the speci-
fied web sources. Firstly, models based on the last decade
of satellite data are indicated, thereafter models covering
a longer period of time.

The International Geomagnetic Reference Field (www.
ngdc.noaa.gov/IAGA/vmod/IGRF-10) IGRF is an inter-
nationally agreed series of global spherical harmonic
models of the Earth’s core magnetic field, and it is pro-
vided by the IAGA Division V-MOD. The Gauss coeffi-
cients are considered linearly time dependent for 5-year
intervals (Finlay et al., 2010).

The GRIMM series (GFZ Reference Internal Magnetic
Model) (www.gfz-potsdam.de/portal/gfz/Struktur/Depart-
ments/Department+2/sec23/topics/models/GRIMM2) by
Lesur et al. (2008, 2010) are based on CHAMP satellite
data and observatory hourly means. GRIMM-2 covers the
period 2001–2010 and aims at describing the very rapid
variations of the core field. One of its special characteristic
is the use of full vector satellite data at high latitudes at all
local times, for a better separation into the contributions
generated by the ionosphere and field aligned currents on
one hand, and, contributions generated by the Earth’s core
and lithosphere, on the other hand.

The CHAOS models (www.space.dtu.dk/English/
Research/Scientific_data_and_models/Magnetic_Field_
Models.aspx) derived by Olsen et al. (2006, 2009) as well
as Olsen and Mandea (2008) are based on satellite and
observatory data, with an interest to the subdecadal time-
scales variations. As GRIMM series, the advantage of
these series of models is the fact that they are able to
describe the field itself, but also its secular variation and
acceleration.

The MF series (www.geomag.us/models/MF6.html),
with the last version published by Maus et al. (2008), is
a model built to mainly describe the global lithospheric
field. The last published version, MF6 estimates the
lithospheric magnetic field to spherical harmonic degree
120, which corresponds to 333 km wavelength resolution.
The very last version MF7 is now available.

Some geomagnetic field models cover longer period of
time, from decades to centuries, as:

The CM4 model (core2.gsfc.nasa.gov/cm/), as the
fourth version of the Comprehensive Model, has been
developed by Sabaka et al. (2004). This model relies on
POGO, MAGSAT, Ørstedt, and CHAMP satellite data
and observatory hourly means and is continuous through
the time span from 1960 to 2002. The spherical harmonic
expansion goes to degree and order 65 with the secular
variation represented by cubic B-splines with 2.5-years
knot spacing through degree and order 13.

The C3 FM (www.gfz-potsdam.de/portal/gfz/Struktur/
Departments/Department+2/sec23/topics/models/C3FM),
as Continuous Covariant Constrained-end-points Field
Model Wardinski and Holme (2006), is a time-dependent
model, between 1980 and 2000 with Gauss coefficients
expanded in time on a basis of cubic B-splines. This
model is constrained to fit field models from two satel-
lites (MAGSAT in 1980 and Ørsted in 2000) and to
fit both magnetic observatory and repeat station sec-
ular variation for the period in between. The model
reveals a short-term secular variation on subdecadal
timescale with a higher spatial resolution than previously
resolved.

The gufm (www.epm.geophys.ethz.ch/cfinlay/gufm1.
html) model of Jackson et al. (2000) provides a complete
picture of the evolution of the core magnetic field, from
1590 to 1990. This time-dependent model is based on
a massive compilation of historical observations of the
magnetic field, originating from observations taken by
mariners engaged in merchant and naval shipping, as well
as survey data, observatory data (which runs back to the
mid-nineteenth century), and data from the POGO and
MAGSAT satellites.

The CALSK series (www.gfz-potsdam.de/portal/gfz/
Struktur/Departments/Department+2/sec23/topics/models/
CALS7K) are based on archeo- and paleomagnetic data
and give a global description of field evolution further
back in the past, although with lower spatial and temporal
resolution. Continuous spherical harmonic models on mil-
lennial timescales give estimates of spatial field structure
up to spherical harmonic degrees around 4 and temporal
variations in the order of 100 years. The longest continu-
ous and regularized spherical harmonic model to date goes
back 7 kyrs (Korte and Constable, 2005).

Some models together with online calculators or source
codes are available. The interested reader can find on
the German Research Centre for Geosciences web site
(www.gfz-potsdam.de/portal/gfz/Struktur/Departments/
Department+2/sec23/topics/models), the British Geologi-
cal Survey web site (www.geomag.bgs.ac.uk/gifs/
igrf_form.shtml), or the National Oceanic and Atmo-
spheric Administration web site (www.geomag.org) good
overviews on a number of field models together with user-
friendly calculators. Figures 2 and 3 show maps of the
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core field components and their secular variation for the
northward, eastward, and radially inward direction at the
Earth’s surface in 2010 from the field model GRIMM-2
(Lesur et al., 2010).
Regional field modeling
To describe the magnetic field at regional scales, different
methods have been proposed during the last decades,
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starting with the Spherical Cap Harmonic Analysis pro-
posed by Haines (1985) and the related translated origin
spherical cap harmonic analysis (De Santis, 1991; Korte
and Holme, 2003). The spherical cap harmonic analysis
permits the use of data from only a region of the Earth
while satisfying the constraints of potential field theory.
Indeed, the region to be studied has to be defined by
a spherical cap and satisfies the zero curl and divergence
conditions. The method is claimed to be valid over any
spherical cap at any altitude above the Earth’s surface.
On the basis of these assertions, the method has been
widely used for constructing regional magnetic maps
(De Santis et al., 1997; Korte and Haak, 2000). However,
difficulties occur when using this approach. The main one
appears as a failure to correctly model the radial depen-
dence (i.e., that the models cannot be continued and data
acquired at different altitudes cannot be simultaneously
inverted). In order to solve this difficulty, Thébault et al.
(2004) have re-posed this method as a boundary value
problem within a cone extending above the reference sur-
face, thereby allowing satellite data to be downward contin-
ued to the Earth’s surface.

Some different basis functions, such as harmonic
splines Shure et al. (1982), or with more local support,
wavelet-like functions (Holschneider et al., 2003; Lesur,
2006), are better suited to describe datasets with variable
resolution over the area of interest. Only these two
approaches are summarized in the following. Schott and
Thébault (2010) provide a detailed overview of various
regional modeling approaches, and the interested reader
is advised into this paper.

Harmonic splines
A detailed description of harmonic splines can be found in
Shure et al. (1982), and a very recent revisited approach
with an application for the Southern African continent
magnetic data in Geese et al. (2010). The main interest
of this representation is that it offers a smoothness prop-
erty to the derived field model.

The method considers the magnetic field as expressed
as the gradient of a scalar potential, as shown in the previ-
ous section. Using the spherical harmonics Ym

n of degree n
and order m, the internal part of the global magnetic field
can be written as

B ¼ �Ha
XN
n;m

gmn
a
r

� �nþ1
Ym
n ðy;fÞ (18)

with Ym
n ðy;fÞ being the Schmidt normalized spherical

harmonics. An alternative representation of the field is
given by:

Bðy;f; rÞ ¼ �
X
i

aiHFNr
i y;f; rð Þ (19)
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(20)
2nþ 1

fn ¼

4pn2ðnþ 1Þ4 (21)

With this choice of parameter f values, the modeled
n
magnetic field minimizes the quantity:
Z

O
H2
hBr



 

2do (22)

In the framework of regional analysis, in order to insure

a fit to the data, it is necessary to introduce for the repre-
sentation of the magnetic field two further sets of func-
tions similar to Equation 20. This gives:
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n ðy;fÞ: (24)

This model is equivalent to the harmonic spline model

presented in Geese et al. (2010) and Shure et al. (1982).

An example of a recent application of this approach is
found in Geese et al. (2010). The investigated area is the
Southern African continent where the geomagnetic field
is weaker and changes more rapidly compared to other
regions of the Earth. The regional dataset, consisting of
repeat station surveys and observatory annual means, has
been used in the described system of representation. The
regional field model covers the time span from 1960 to
2002 and gives a detailed view of the changes of the geo-
magnetic field in this region.
Wavelet analysis
The wavelet frames and the recent work by Holschneider
et al. (2003); Freeden and Michel (2004); Chambodut
et al. (2005) have brought the use of wavelet frames for
constructing regional potential field models. In particular
on the sphere, the used functions should satisfy the follow-
ing properties: (1) harmonic prolongation must be easily
computable; (2) function itself has to be numerically easy
to compute; (3) functions must be localized on the sphere.

The indicated requirements lead to constructions based
on the Poisson kernel of spherical functions. A Poisson
wavelet at a given point on the unit sphere is expressed as:
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ck
að~xÞ ¼ Nk

a

X
n

ðanÞke�anQnðcos mÞ (25)

where Nk
a is a normalization constant and m is the angle

between the wavelet position and the data point position.
The Qn function is defined by:

Qnðcos mÞ ¼ ð2nþ 1ÞPnðcos mÞ; (26)

that can be expressed easily in terms of products of spher-
ical harmonics.

The wavelet is defined by three parameters: scale
a, position, and order k. The scale a is a measure of the
wavelength of the wavelet without dimension, and order
k characterizes the global shape of the wavelets (number
of oscillations). The wavelets on the sphere may also be
considered as a restriction on the sphere of a function that
is harmonic outside and that has singularities inside it. The
main characteristic of a wavelet is its relatively well-
localized amplitude on the sphere, hence well adapted to
regional modeling, while spanning a relatively limited
range of wavelengths.

Recently, a few implementations of the wavelet repre-
sentation for potential fields have been done. For example,
Panet et al. (2006) have applied the wavelet method to
improve a global, but low-resolution gravity field model,
by using regional high-resolution data. Over the same area
of interest, French Polynesia, a lithospheric magnetic field
model based on CHAMP satellite data has been computed,
applying the same approach. The regional field models
allow authors to suggest that the origin of the volcanism
in this region may be controlled by lithospheric weakness
due to the regional stress field.

Interpretation
The geomagnetic field models, at global and regional
scales, play an important role in our modern world. The
Earth’s magnetic fields can be used as a tool in screening
our planet and understanding it deep interior structure
and processes. Moreover, these models can be used for
some specific applications, as in navigation, petroleum
industry, in technological systems submitted to large geo-
magnetically induced currents, in satellite operations,
or exploration geophysics. From this list, which is far to
be complete, two examples are given, one linked to inter-
pretation of the magnetic field and its secular variation at
the core mantle boundary, and one linked to the litho-
spheric field.

Core magnetic field at core–mantle boundary
As described above, models of the magnetic field gener-
ated inside the Earth are dominated for the long wave-
lengths by the core field, and for the shorter wavelengths
by the lithospheric field. The longest wavelengths of these
models – roughly up to spherical harmonics of degree
14 – can therefore be used to try to understand the gener-
ation process of the core field. Results from seismological
observations have shown that the core can be separated
in two regions; a solid inner core of radius estimated at
1,220 km and a liquid outer core in the spherical shell
extending up to 3,485 km. This liquid outer core is very
conductive and made mainly of liquid iron in convection,
which in the presence of a magnetic field, can regenerate
this field, balancing its natural decay due to ohmic dissipa-
tion. This process is known as the geodynamo. The best
way to retrieve information about the dynamics of the
core, and the fluid motions at the top of the core is through
magnetic data acquired at, or above, the Earth’s surface.
The magnetic field models are therefore downward con-
tinued, through the mantle, to the core mantle boundary
(CMB) assuming that the mantle is an insulator. In princi-
ple, only the radial component of the magnetic field can be
derived just below the CMB, because of the unknown
jump of the electrical conductivity across the CMB, asso-
ciated with a discontinuity of the magnetic field compo-
nents tangential to the boundary.

An image of this vertical down component of the core
magnetic field just below the CMB is shown in Figure 4,
together with its expected time derivative. These images
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correspond to a magnetic field model truncated to spherical
harmonic degree 13. Contributions from shorter wave-
lengths may considerably modify these images, but these
contributions are unknown, being hidden by the litho-
spheric field or the noise, at the Earth’s surface. However,
considerable information can be readily extracted from
these maps. One can see that the core field has a muchmore
complex structure at the CMB than on the Earth’s surface
(Figure 2). In particular, the presence in the southern hemi-
sphere of a large patch of reverse orientation of themagnetic
field – the field there is oriented toward the core interior,
whereas in a simple dipole approximation onewould expect
the field to be oriented outward. This patch and its evolution
has attracted scientists’ attention over the last decades
because it is associated with the weakness of the Earth’s
field in the South-Atlantic region, it contributes signifi-
cantly to the decrease of the strength of the Earth’s dipole
field component, and it has sometimes been thought as an
early stage of a reversal process (Hulot et al., 2002; Olsen
and Mandea, 2008) regarding the secular variation, it is
obviously concentrated at midlatitudes and high latitudes
of the northern hemisphere. It is extremely weak under the
Pacific ocean and southern part of the southern hemisphere.

The combination of the Maxwell equations leads to the
so-called induction equation. Under the frozen-flux
approximation, which neglects the diffusion in front of
induction (Roberts and Scott, 1965), the radial component
of this equation writes:

@

@t
Br ¼ �Hh � ðBrUhÞ (27)

where Br is the radial component of the magnetic field,Uh
is the horizontal component of the flow under the CMB,
and∇h is the tangential gradient on the sphere. This equa-
tion simply shows that the main source of secular variation
is the advection of the field lines by the flow. Since radial
component of both the field and its secular variation can
be estimated at the CMB, this equation provides a way
to get some information on the flow at the top of the liquid
outer core, for large spatial wavelength and relatively
short timescales. By combining this equations with con-
straints derived from the equations of fluid dynamics
and/or magnetohydrodynamics, it is possible to derive
physical properties of the outer core and shed light on
unexplained phenomenon as geomagnetic jerks (Mandea
et al., 2010b) or contributions to the variation of the length
of the day.
Lithospheric magnetic field over the Arctic region
The magnetic signature of the lithosphere is related to all
the processes that affected and shaped the figure of our
planet. To first order, the remanent magnetic contributions
are canceled out at large wavelength and the induced part
dominates above continental domains. The exact contri-
bution of the remanent magnetization is actually difficult
to estimate, unless the physical properties of the magnetic
sources are known through rock sampling and analysis. It
is possible to estimate what is their relative contribution by
using global forward approaches, mostly relying on the
distribution of the vertically integrated magnetization.
A simple estimate is based on the lateral magnetization
contrast associated with the boundary between oceanic
and continental domains. Indeed, the abrupt boundaries
between the thin oceanic crust and the thicker continental
crust translates into a large-scale magnetic signal which
sometimes occur in the proximity of continental margins,
and also above continental and oceanic basins. This does
not suffice to explain all the observed magnetic anomalies.
Those interested in the crustal magnetic field are referred
to some recent reviews, like Langlais et al. (2009).

Generally speaking, the lithospheric magnetic field
reflects the magnetization associated with minerals cooling
down below their Curie temperature in the presence of
a magnetic field. Above the Curie temperature, the magne-
tization vanishes, and minerals exhibit then paramagnetic
susceptibility, with little effect compared to magnetization.
Therefore, rocks are essentially nonmagnetic at tempera-
tures greater than the Curie temperature characterizing their
main magnetic minerals constituents. Taking into account
a normal geothermal gradient, sources of the measured
magnetic signal are then restricted to some maximum 30–
40 km depth, excepting the old cratonic areas where the
Curie depth – depth at which the temperature reach the
Curie temperature – may be deeper. Methods to estimate
depth to the bottom of magnetic sources from magnetic
data are based on the spectral analysis of magnetic anoma-
lies (Spector and Grant, 1970; Blakely, 1995; Bouligand
et al., 2009).

It is important to note here that another source for the
deep crustal magnetism has been suggested in the last
decade. This is the magnetism resulted from chemical
interfaces, or lamellar magnetism. This concept shifted
the paradigm of having magnetic rocks only above the
Curie temperature (580) depth and can be the source
for old, deep-seated crust on Earth and other planets
(Robinson et al., 2002).

For a comprehensive example of how the most pro-
minent magnetic anomalies observed in the global compi-
lations of ground and satellite magnetic data (like the
World Digital Magnetic Anomaly Map WDMAM,
Korhonen et al., 2007) can be analyzed, see Mandea and
Thébault (2007). In this contribution we present an exam-
ple of regional magnetic anomaly modeling and the
suggested interpretation, over the Arctic area.

In the last decade, the Arctic region became a frontier
for scientific discoveries and exploration studies. All
circum-Arctic nations embarked on a quest for collecting
new data and deciphering the structure and evolution
of the Arctic crust and lithosphere. In the same time, due
to the inaccessibility and harsh climate of this area, satel-
lite data plays a crucial role for the Arctic science.
Along with bathymetric, gravimetric, and seismological
studies, acquisition, processing, and interpretation of mag-
netic data are vital components for the understanding of
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lithospheric architecture. The last couple of years have
been favorable not only for data acquisition at high lati-
tudes (due to low solar activity), but also for concerted
efforts to gather and assemble regional datasets. Besides
the World Digital Magnetic Anomaly Map (Korhonen
et al., 2007) and similar global compilations (Hamoudi
et al., 2007; Hemant et al., 2007; Maus et al., 2008),
a higher resolution map for the Arctic region (upward
60
 North) is currently available to the scientific commu-
nity (Gaina and the CAMP-GM group, 2011) and,
together with a satellite lithospheric model (Maus et al.,
2008), is used here as a brief example into the Arctic mag-
netic anomaly interpretation.

Figure 5A shows the difference between magnetic
anomalies recorded closer to Earth’s surface, which dis-
play the magnetic signature of bodies in the Earth’s crust,
and magnetic anomalies measured from satellites (in this
case at about 350 km), which image thicker than normal
and/or deeply buried magnetic bodies. By upward con-
tinuing the magnetic data collected closer to the surface
(either shipborne or airborne), a first-order estimation of
shallow versus deep-magnetized bodies can be made.
Figure 5B shows the higher and lower magnetic anomalies
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lithospheric model (Maus et al., 2008) is shown at
350 km altitude. The magnetic signature of the boundary
between the continental and oceanic crust cannot be
detected anymore in the upward continued data or from
satellite altitude, even for volcanic margins (note the vol-
canic areas outlined by blue lines along the eastern coast
of Greenland and western coast of Eurasia). The oldest
continental crust, usually found in the cratonic areas and
as Proterozoic accreted crust, generates the largest positive
magnetic anomalies. This crust contains large and deep
volcanic bodies in the North American shield, Greenland,
the Baltic shield in Eurasia, and the Siberian platform in
NE Asia, which are imaged by the satellite data
(Figure 5B). One of the most striking feature in the Arctic
domain is the strong magnetic anomaly close to the north
pole that correlates with a large, igneous oceanic plateau
called the Alpha Mendeleev ridge. The age and exact ori-
gin of this Large Igneous Province is not known, although
numerous studies speculate on an episode of Cretaceous
Continent-Ocean Transition
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volcanism that affected an old oceanic crust or a partially
continental crust. The intensity and extent of the magnetic
anomalies recorded by aircrafts or satellites point toward
a very thick, volcanic crust, but, as in the case of other oce-
anic Large Igneous Provinces, only deep sea drilling will
be able to reveal the true nature of the underlying crust
at the core of the Arctic.
Summary
To model and interpret the Earth’s magnetic field, two
ingredients are crucial: global high accuracy, high-
resolution data and reliable mathematical tools. Starting
with the next years, a trio of satellites, Swarm mission,
will be launched for a unique view inside the Earth. This
mission will provide the most detailed data yet on the geo-
magnetic field of the Earth and its temporal evolution, giv-
ing new insights into improving our knowledge of the
Earth’s interior and climate. The Swarm constellation
satellites will be placed in three different polar orbits,
two flying side by side at an altitude of 450 km and
a third at an altitude of 530 km. These measurements,
together with those provided by magnetic observatories,
shipborne or airborne instruments, are valuable data
essential for modeling the geomagnetic field and its inter-
action with other physical aspects of the Earth’s system.
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Definition
Electromagnetic pulsations. Geomagnetic field oscilla-
tions having periods of 0.2–600 s.
Magnetic storms. Global disturbances in the geomagnetic
field lasting from half to several days.
Magnetospheric substorms. A set pattern of disturbances
occurring in the magnetosphere, lasting for a period of
approximately one to a few hours, in response to an
enhanced coupling between the solar wind and the geo-
magnetic field.

Electromagnetic pulsations
The Earth’s magnetic field varies over time scales span-
ning many orders of magnitudes, from hundreds of thou-
sands of years to a fraction of a second. The variations
on the long periods, from hundreds of thousands to tens
of years, are believed to be due to the geodynamo pro-
cesses. The shorter period variations, from about 22 years
to a fraction of a second are thought to be caused either
directly or indirectly by the solar output. The shortest
period oscillations in the geomagnetic field varying from
about 	0.2 to 600 s are called electromagnetic pulsations
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or simply magnetic pulsations. The frequencies of mag-
netic pulsations fall in the range of ultra-low-frequency
(ULF) electromagnetic waves. The amplitudes of these
electromagnetic pulsations decrease as their time periods
decrease (or their frequencies increase). At the longest
time periods, magnetic pulsations can have amplitudes
of several hundreds of nT, whereas at the shortest time
periods, their amplitudes are fractions of a nT. Magnetic
pulsations have been detected on the ground by magne-
tometers and in the magnetosphere by in situ satellite mag-
netic and electric field sensors.

Classification of magnetic pulsations
Magnetic pulsations observed on ground have been classi-
fied into two broad classes depending on the waveform and
period. This has been done formally by the International
Association of Geomagnetism and Aeronomy (IAGA)
(Jacobs et al., 1964). Pulsations with quasi-sinusoidal
waveform are called pulsation continuous (Pc), and those
with an irregular waveform pattern are called pulsation
irregular (Pi). Each main class is subdivided into period
bands that roughly isolate a particular type of pulsation as
shown in Table 1. During disturbed geomagnetic condi-
tions like substorms and magnetic storms, giant magnetic
pulsations, called Pc6 or Ps6, are observed with periods
ranging from 	600–900 s.

Generation mechanisms of magnetic pulsations
Magnetic pulsations observed on the ground or in space
are produced by a variety of plasma processes occurring
in the magnetosphere and the solar wind (McPherron,
2005).

The magnetosphere is the region of space where the
Earth’s magnetic field is confined by the solar wind
plasma emanating from the Sun. A schematic of the
three-dimensional view of the magnetosphere is shown
in Figure 1. It shows various important plasma regions
as well as the current systems. Fluctuations in these cur-
rents arising from various plasma waves and instabilities
excite the magnetic pulsations. Therefore, changes in the
plasma and magnetic fields in the solar wind can have dra-
matic effects on the type of waves seen at a particular loca-
tion at Earth.

Observations show that continuous pulsations sharing
the same frequency range may differ, for example, in
their polarization, harmonic structure, or spatial occur-
rence dependence, and thus can have different generation
mechanisms. There are two main mechanisms for the
Magnetic Storms and Electromagnetic Pulsations, Table 1 Class

Continuous pulsations

Pc1 Pc2 Pc3

Period range (s) 0.2–5 5–10 10–4
Frequency range (mHz) 200–5,000 100–200 22–1
long-period (Pc3–Pc5) magnetic pulsations. The first
one is based on field-line resonance theory where a mono-
chromatic surface wave is excited by some plasma insta-
bility (e.g., Kelvin–Helmholtz, drift mirror mode, etc.) at
the magnetopause. This instability resonantly couples
with a shear Alfvén wave associated with local field-line
oscillations (Chen and Hasegawa, 1974). The second
mechanism is based on cavity modes where global fast
modes are excited throughout the entire magnetospheric
cavity in response to sudden impulses in the solar wind
(Kivelson and Southwood, 1985). The cavity modes cou-
ple to field-line resonances that drive currents in the iono-
sphere producing magnetic pulsations. However, some
daytime Pc3–Pc5 pulsations are believed to be driven
directly by the solar wind pressure fluctuations. Short-
period-pulsations (Pc1 and Pc2) are generated locally in
the equatorial region of the magnetosphere by an electro-
magnetic ion cyclotron instability. The instability is driven
by a temperature anisotropy of the energetic protons from
the ring-current and plasma-sheet regions. On the other
hand, coupling of global cavity modes to field-line reso-
nances is considered as a likely mechanism for the gener-
ation of irregular magnetic pulsations (Cheng et al., 1998).
Nighttime Pi2 pulsations are probably excited by earth-
ward propagating fast-mode waves launched at substorm
onset by large-scale magnetic reconfiguration associated
with cross-tail current disruptions.

Substorms and magnetic storms
Substorms and magnetic storms are geomagnetic activity
phenomena. A substorm (Akasofu, 1964) is composed of
a set sequence of evolution of ionospheric auroral forms
and magnetospheric disturbances that typically last from
	30 min to 1 h. There are often many substorms in
a day. During substorms there is an explosive release of
stored magnetotail energy directed toward the midnight
sector magnetosphere. This results in the excitation of dis-
crete auroras that become widespread, intense, and much
more agitated than normal. The Earth’s magnetic field gets
disturbed due to intensified field-aligned currents and
auroral electrojets. The ultimate source of energy for
substorms is the solar wind.

Magnetic storms (Gonzalez et al., 1994) are driven
directly by solar drivers like coronal mass ejections
(CMEs) and flares, and Corotating Interaction Regions
(CIRs) associated with fast streams emanating from coro-
nal holes (Tsurutani et al., 1995, 2006). The cause of mag-
netic storms is long intervals of southward interplanetary
magnetic fields that considerably enhance the efficiency
ification of magnetic pulsations

Irregular pulsations

Pc4 Pc5 Pi1 Pi2

5 45–150 150–600 1–40 40–150
00 7–22 2–7 25–1,000 7–25
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Magnetic Storms and Electromagnetic Pulsations, Figure 1 Schematic three-dimensional view of the earth’s magnetosphere
formed by the interaction of solar wind from the Sun (from the left) with the geomagnetic field. Small arrows indicate the
direction of the magnetic field lines. Thick arrows show the direction of electric currents. Various current systems present in the
magnetosphere are shown.
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of magnetic reconnection process, leading to strong
plasma injection from the magnetotail toward the inner
magnetosphere. This leads to intense auroras at high-
latitude nightside regions and at the same time intensifies
the ring current, which causes a diamagnetic decrease in
the Earth’s magnetic field measured at near-equatorial
magnetic stations.

The sudden commencement (SC) storms are character-
ized by a sudden increase in the horizontal magnetic field
intensity shortly before the main phase (see top panel of
Figure 2). This sudden increase in magnetic field strength
is caused by the interplanetary shock compression of the
magnetosphere. The period between the sudden com-
mencement and the storm main phase is called the initial
phase. However, all magnetic storms do not have an initial
phase. A geomagnetic storm not accompanied by a SC is
called a gradual geomagnetic storm (SG) type (bottom
panel of Figure 2). The main phase where the horizontal
components of the low-latitude ground magnetic fields
are significantly depressed over a time span of one to
a few hours is caused by intensification of the ring-current
energetic ions injected into the inner magnetosphere
(L 	2–7). This is followed by a recovery phase, which
may extend for 	10 h or more, associated with the decay
of the ring current. The intensity of a geomagnetic storm is
expressed in terms of the disturbance storm time index
(Dst) or SYM-H (basically the same as Dst except the
higher time resolution) index, which is a measure of the
intensity of the ring current.

Relationship between magnetic pulsations and
substorms and magnetic storms
The magnetospheric magnetic field configuration and
plasma populations undergo drastic changes during
substorms and magnetic storms. This directly affects the
magnetic pulsations that are generated internally, for
example, Pc1 and Pc2 by electromagnetic ion cyclotron
instability, Pc3 and Pc4 by drift mirror instability, and
Pi1 and Pi2 associated with the formation of substorm cur-
rent wedges. Ps6 magnetic pulsations are also generated
during substorms. Injection of energetic oxygen ions dur-
ing magnetic storms tend to reduce the frequency of the
long-period-pulsations, especially Pc5s. Further, the
ULF wave power increases substantially during magnetic
storms. On the other hand Pc5 magnetic pulsations are
considered as a possible factor that can accelerate elec-
trons to relativistic energies during magnetic storm recov-
ery phases.

Magnetic storms and society
Intense (Dst < �100 nT) and super-intense (Dst < �500
nT) geomagnetic storms create hostile space weather con-
ditions that can be hazardous to Earth-orbiting spacecrafts
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as well as technological systems at ground. Some adverse
effects are malfunctioning and even failure of sensitive
instruments and satellite command systems due to high
fluxes of relativistic “killer” 	MeV electrons, satellite
communication failures, satellite data loss and naviga-
tional errors, and loss of low earth-orbiting satellites
caused by an expanded upper atmosphere. The elevated
radiation level is a threat to astronauts and jetliner passen-
gers. Geomagnetically induced currents can cause damage
to power-line transformers and corrosion of long pipelines
and cables.
Conclusions
Electromagnetic pulsations and magnetic storms form
an important component of space weather. The ground-
based measurements of magnetic pulsations and mag-
netic storms offer a unique and simple way of monitoring
the conditions in the magnetosphere and solar wind.
These measurements can also be utilized for geophysical
surveys to probe the subsurface conductivity structure of
the Earth.
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Definition
Global Magnetic Anomaly Map is an international effort
to integrate near-surface and downward-continued
spaceborne maps of the magnetic anomaly field. These
global maps are available as grids, and find use in geologic
and tectonic interpretation.
Introduction
Magnetic data have been collected from magnetometers
towed by aircraft and ships for many decades now. Mag-
netic anomaly maps derived from regional airborne (see
Magnetic Methods, Airborne) and marine surveys are ben-
eficial to our understanding of the subsurface structure,
chemical composition, and geodynamics of the Earth’s
crust (see Earth’s Structure, Continental Crust) and litho-
sphere (Purucker and Whaler, 2007). Maps derived from
marine surveys were instrumental in the discovery of
sea-floor spreading and in the development of the theory
of plate tectonics. Continental anomalymaps derived from
aeromagnetic surveys interpreted with other geophysical
information are used to delineate geologic and tectonic
provinces and structures like faults, dikes, and lineations
(see Magnetic Anomalies, Interpretation). These maps
are also widely used, for example, in natural resource
exploration, in estimating the thermal state of the earth’s
lithosphere (see Lithosphere, Continental: Thermal Struc-
ture), and the magnetic characterization (see Remanent
Magnetism) of volcanic surfaces and deep interiors on
both continents and oceans.

Satellite missions (see Magnetic Methods, Satellite)
have also made significant contributions in enhancing
our knowledge of the Earth’s magnetic field (cf. Langel
and Hinze, 1998). Satellite data are acquired and
processed in three-dimensional spherical coordinates;
hence, the derived magnetic anomaly maps are on a global
scale. The satellite data are measured typically 400–
750 km away from the causative sources in the Earth’s
lithosphere, lack sufficient resolution of geological fea-
tures smaller than 400 km in wavelengths, but find exten-
sive use in studying the long-wavelength anomalies. In
comparison, magnetic anomaly maps prepared from data
recorded near the surface (	few kilometers) and therefore
near to the sources resolve short-wavelength-anomaly fea-
tures better (see Magnetic Anomalies, Interpretation).
There are, however, many geologic problems that could
be better solved with the use of the self-consistent global
magnetic anomaly maps that take advantage of the
strengths of each data set while bypassing its limitation.
For example, repeated rifting (see Continental Rifts) and
movement of tectonic plates (see Plates and Paleorecon-
structions) over hundreds of millions of years have made
once adjacent landmasses drift (see Continental Drift) to
completely different regions of the world. Reassembly
requires consistently prepared magnetic anomaly maps
over the entire globe consisting of both short and long
wavelengths. The world digital magnetic anomaly map
(WDMAM) derived from merging near-surface magnetic
data and a global satellite model will aid evaluation of
hypotheses about geologic origins of tectonic rifts, fracture
zones that run across the continents, and tectonic history of
many regions.

The WDMAM is the magnetic field defined on a grid
of 3 arc-min angular grid resolution at an altitude of
5 km above the World Geodetic System 1984 (WGS84)
reference ellipsoid (Figure 1) (Korhonen et al., 2007).
The world magnetic anomaly map is the first international
collaborative effort to compile magnetic anomaly infor-
mation on a global scale. The map is derived from more
than 50 years of aeromagnetic, shipborne surveys over
land and sea, and it is supplemented by observations
from earth-orbiting satellites. The global map shows
the variation in strength of the magnetic field (see Geo-
magnetic Field, Global Pattern) after the Earth’s dipole
field and, external field sources like magnetosphere
and ionosphere have been subtracted from the measured
field. The remaining variations in the field (few hundreds
of nanoteslas (nT)) are due to changes in the magnetic
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properties of the crustal rocks. In most places, the mag-
netic anomaly field is less than 1% of the main magnetic
field of the Earth.

The magnetic fields derived in this map are internally
consistent within the measurement domain, extending
from the Earth’s surface to satellite altitude (<750 km).
The map comprises both the short- and long-wavelength
anomalies from different sources. Short-wavelength
anomalies are derived from merging continental compila-
tions and marine track line data. Long-wavelength
features in this global map are based on a downward-
continued grid of the MF5 model, a model derived from
CHAMP satellite magnetometer measurements. In oce-
anic regions where the data gaps exist, the digital age
map of the ocean floor (Müller et al., 1997) was combined
with the geomagnetic polarity time scale (Gee and Kent,
2007; Kent and Gradstein, 1986) (see Geomagnetic Field,
Polarity Reversals) to estimate the total field anomaly at 5
km altitude.

The global magnetic anomaly map is available in both
digital and print form. Two versions (A and B) of the
map are available on DVD. The B version is shown in
Figure 1. Themap is displayed in natural colors (red = pos-
itive values, blue = negative values) and produced from
Generic Mapping Tools (GMT) (Wessel and Smith,
1991). The A version differs in its handling of areas with
data gaps, which are filled with the downward-continued
MF5 model. The map images and the DVD version of
the WDMAM 2007 are available at http://ftp.gtk.fi/
WDMAM2007/.
Early developments
Magnetic surveys have been carried out on land, sea, and
from the air over all continents and oceans. The patchwork
of aeromagnetic surveys over the continents and the tracks
of oceanographic survey vessels across the oceans,
together, make up an enormous but distinct body of data.
This incomplete and nonuniform coverage of near-
surface data has recently been supplemented by reliable
maps from earth-orbiting satellites such as CHAMP
(http://www-app2.gfz-potsdam.de/pb1/op/champ/). These
satellite-derived models (seeMagnetic Methods, Satellite)
provide uniform coverage over the globe that can help
resolve uncertainties in near-surface compilations pro-
duced by stitching together disparate sets of data. A new
initiative was therefore required to combine these near-
surface anomaly maps into a reliable global compilation
and make it more accessible for geological mapping, edu-
cational purposes, and future research.

The original data is held by a large number of individ-
ual organizations around the world and, in some cases,
is still commercially used and politically sensitive. In
1977, the International Association of Geomagnetism
and Aeronomy (IAGA) (http://www.ngdc.noaa.gov/
IAGA/vmod/) realized the importance of magnetic anom-
aly mapping for geologic and tectonic interpretation (see
Magnetic Anomalies, Interpretation) and noted the
existence of numerous airborne and marine magnetic data.
They began a concerted international effort to bring the
global magnetic anomaly data set into place alongside
other worldwide databases to maximize its use. Through
a series of resolutions in 1979, 1995, and 1997, the
WDMAM task force was constituted by IAGA at the
International Union of Geodesy and Geophysics General
(IUGG) Assembly in 2003 to prepare a roadmap to com-
plete the work. The job of the task force included
(1) cataloging existing data compilations that cover signif-
icant areas of the Earth, (2) negotiating access to such data
at a resolution sufficient for a global compilation, (3) pro-
ducing a preliminary paper map at the IAGA Assembly in
Toulouse, France, July 2005, and (4) while addressing the
main scientific and practical issues, producing a digital
magnetic anomaly map of the world for the 24th IUGG
General Assembly, Perugia, Italy, July 2007.

The WDMAM task force urged various organizations
and custodians of data to release nonsensitive versions of
the classified or confidential aeromagnetic and marine
track line digital data to the public domain for the
WDMAM project. The organizations holding the data
responded to the call and made near-surface data available
for the first version of the WDMAM map. In June 2006,
a call for submission of WDMAM candidate models was
issued. In November 2006, five models were submitted
for evaluation. Five teams at the National Geophysical
Data Center (NGDC), NASA’s Goddard Space Flight
Center (GSFC), Geological Survey of Finland (GTK),
GeoForschungsZentrum, Potsdam, Germany, and the
University of Leeds, UK produced candidate models for
the WDMAM project (http://projects.gtk.fi/WDMAM/
project/). After careful evaluation, the candidate model
developed by NGDC was selected as a base map for
representing anomalies over continents while the
GAMMAmodel was selected for oceans. The first version
of the official WDMAM was unveiled at the 24th IUGG
General Assembly in Perugia, Italy, in July 2007 by the
Commission for the Geological Map of the World
(CGMW). The United Nations Educational, Scientific
and Cultural Organization (UNESCO) kindly supported
and provided the funding for the printing.
Aeromagnetic and marine compilations
The first airborne surveys were done over former Soviet
Union in 1936 and the first maps of the total intensity were
published at 1:2.5 million scale in 1974. These maps were
later digitized and made available at 1 and 3 arc-min grid
resolution from the NGDC magnetic data archive (http://
ols.nndc.noaa.gov/plolstore/plsql/olstore.prodspecific?
prodnum=G01284-CDR-A0001). More recently, another
magnetic compilation for Russia compiled by the A.R.
Karpinsky Russian Geological Research Institute is avail-
able as a 5 km resolution of the data grid (VSEGEI, http://
www.vsegei.ru/WAY/247038/locale/EN).

The first ever North American continental-scale com-
pilation was derived by merging magnetic anomaly maps
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of USA, Canada, and surrounding waters. The map
was released in 1987 as a part of the Decade of North
American geology. The map had erroneous long-
wavelength features, which revealed shortcomings and
pitfalls in stitching together residual intensity maps
reduced from measured data using different IGRF models
(seeMagnetic Data Enhancements and Depth Estimation).
After correcting for these erroneous longwavelengths using
Comprehensive Model (CM) (Sabaka et al., 2002), the
improved maps for USA and Canada, in addition to the
aeromagnetic compilation for Mexico, were combined to
produce the revised North American magnetic anomaly
map (Bankey et al., 2002). The Arctic and North Atlantic
magnetic compilation including nearby landmasses was
produced from a patchwork of shipborne and airborne
surveys (Verhoef et al., 1996). Because the compilation
had incorrect long wavelengths greater than 400 km, it
was filtered before releasing the grid to the public domain.

Across the Atlantic, Wonik et al. (2001) prepared the
first European compilation by merging magnetic data
from North, West, and East Europe. The map retains the
long-wavelength features but shows a poor correlation
when compared with satellite data. However, there have
been many developments in the last decade in the prepara-
tion of high-resolution magnetic compilations from
marine and airborne surveys. The Geological Survey of
Japan compiled the grid for East Asia in 2002. The fourth
edition, but a significant improvement over its previous
version, the high-resolution magnetic anomaly grid for
Australia and its surrounding oceans was released (Minty
et al., 2003). The noticeable feature of this map is its con-
trol over the long-wavelength anomalies, which was
achieved by flying long aeromagnetic traverses around
Australia. The maps for China have also been recently
made available in digital form by the Chinese National
Aerogeophysics Surveys. Another map that was digitized
for WDMAM project is a combined map for China,
Mongolia, and Russia produced in 1995 by the Geo-
logical Survey of Canada. This map also had long wave-
lengths greater than 400 km corrected. In addition, the
Antarctic Digital Magnetic Anomaly Project (ADMAP)
provided the continental-scale compilation over Antarc-
tica (Golynsky et al., 2001). The map was derived from
merging aeromagnetic and marine data with the satellite
magnetic data.

In addition to these data in public domain, there have
been efforts by industry-led consortia to produce maps
for Africa, South America, and Middle East (http://www.
getech.com/data/global_mag_margins.htm). Geological
Survey of India also contributed the Indian magnetic
compilation. Over oceans, NGDC’s archives of track line
data sets (http://www.ngdc.noaa.gov/mgg/geodas/geodas.
html) were made available. In addition, the Project Mag-
net ocean traverse data were also available at http://
www.ngdc.noaa.gov/geomag/proj_mag.shtml.

Table 1 summarizes the marine and airborne magnetic
compilations made available by the WDMAM task force
to produce the candidate models. The data density greatly
varies between the Northern and the Southern hemi-
spheres. The coverage is especially sparse over oceans in
the southern hemisphere where some of the marine track
line data were not available for the project. Missing data
are noted over parts of the Arabian Peninsula, India, East
Asia and many countries within Africa and South
America. For processing the compilations, the datasets
were grouped in three sets. The NGDC and Project Mag-
net marine and aeromagnetic track line data comprised
the first set. Due to large errors and inconsistencies to be
discussed later, the Project Magnet data was not used in
the preparation of GAMMA candidate model. The second
set included the gridded aeromagnetic and marine mag-
netic anomaly grids. The downward-continued MF5
model derived from the CHAMP satellite data made the
third set. Of the track line profile data, the NGDC marine
data and Project Magnet measurements together make
27 million points on 31,000 tracks. With scales ranging
from country to continents, a total of 19 gridded data sets
were made available.

The metadata information from the compilations, when
available, shows the coverage to be in various projections
and datums depending on their geographical representa-
tion on the globe. Hence, prior to applying any filtering
or merging procedures, all grids were preprocessed and
transformed from their local reference system to
a common representation on the WGS84 global reference
ellipsoid, using conversion formulas (Snyder, 1987). The
software, OasisMontaj, Geosoft©was used in the prepara-
tion of GAMMA model for upward continuation of the
data, while the Leeds model was produced on the ESRI’s
ARCGIS (www.esri.com).
Satellite compilations
Several global models of the lithospheric magnetic field,
based on satellite missions, have been produced in the last
4 decades (see Magnetic Methods, Satellite). Although
spherical harmonic analyses of data gathered at satellite
altitude are typically used to compute the magnetic poten-
tial, they follow two different philosophies. The compre-
hensive approach (CM4), proposed by Sabaka et al.
(2004), uses POGO, Magsat, Ørsted, CHAMP, and
SAC-C measurements (see Geomagnetic Field, Measure-
ment Techniques) to derive a model that accounts for mag-
netic sources (see Geomagnetic Field, Theory) from the
Earth’s main field to the external field sources in the ion-
osphere and magnetosphere and their temporal variations,
including the crustal magnetic field component up to
spherical harmonic degree 60. In contrast to the compre-
hensive approach, the second philosophy strictly focuses
on the lithospheric field representation. This approach
requires careful data selection and processing to clean
the data from non-lithospheric sources (see Magnetic
Methods, Satellite). MF series of models are derived
from CHAMP scalar and vector magnetometer measure-
ments (http://geomag.org/models/index.html). The MF4
model used 4 years of CHAMP data and is derived up to



Magnetic, Global Anomaly Map, Table 1 The available gridded data and marine track line data sets for WDMAM project. The
official WDMAM codes and references are mentioned (Courtsey: Maus et al., 2007b)

Code Area covered Resolution References

701.43 North America 1 km NAMAG, http://pubs.usgs.gov/sm/mag_map/
302.43 Antarctica 5 km ADMAP, http://www.geology.ohio-state.edu/geophys/admap/
504.43 Australia 1 km Geoscience Australia, http://www.ga.gov.au/
601.43 Europe 5 km BGR, http://www.bgr.bund.de/
121.43 Arctic 5 km GSC, http://gsc.nrcan.gc.ca/index_e.php
421.43 Middle East 1 km AAIME, http://home.casema.nl/errenwijlens/itc/aaime/
411.43 East Asia 2 km CCOP, http://www.ccop.or.th/
442.2 India 50 km Qureshy (1982)
441.3 India 5 km GSI, http://www.gsi.gov.in/
201.2 Africa and South America 15 min GETECH, http://www.getech.com/
625.2 France 15 min IPGP, http://www.ipgp.jussieu.fr/
627.43 Spain 10 km Socias et al. (1991)
222.3 South Africa 1.5 min SADC, http://www.sadc.int/
611.3 Fennoscandia 5 km GTK, http://www.gtk.fi/
626.2 Italy 5 km Chiappini et al. (2000)
622.2 Canary Islands 5 km Socias and Mezcua [1996]
812.3 Argentina margin 5 km DNA, http://www.dna.gov.ar/
811.45 Argentina inland 5 km SEGEMAR, http://www.segemar.gov.ar/db/
401.3 Eurasia 2 km GSC, http://gsc.nrcan.gc.ca/index_e.php
628.3 Russia 5 km VSEGEI, http://www.vsegei.ru/WAY/247038/locale/EN
101.45 Marine track line Variable http://www.ngdc.noaa.gov/mgg/geodas/trackline.html
131.45 Project Magnet Variable http://www.ngdc.noaa.gov/geomag/proj_mag.shtml
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spherical harmonic degree 90. The map showed inconsis-
tencies in the polar regions due to high data-noise levels.
The use of localized basis functions by Lesur and Maus
(2006) led to the derivation of MF4� model which
showed improvement in lithospheric field at high lati-
tudes. In 2007, the fifth generation of CHAMP models,
MF5, was released (Maus et al., 2007a). MF5 extends to
spherical harmonic degree 100 (400 km resolution) and
showed a significant improvement, especially between
60
 and 80
 latitude, compared to previous models. After
comparing the MF series of satellite compilations, the
WDMAM committee, recommended using the MF5
model for the preparation of candidate models. Recently,
using only 3 years of CHAMP measurements, the high-
resolution MF6 model was derived (Maus et al., 2008).
The MF6 model is able to resolve lithospheric magnetic
field to degree 120, corresponding to 333 km wavelength.
The MF6 model is also the first satellite-data-based global
magnetic anomaly map to resolve the direction of oceanic
magnetic lineations, which makes a helpful addition to the
study of oceanic lithosphere (see Lithosphere, Oceanic)
from space. The EMAG2 model uses the MF6 model to
substitute the long-wavelength components.
Preparation of the global magnetic anomaly map
The NGDC candidate model (Maus et al., 2007b) uses the
method of least-squares collocation (LSC) and line-leveling
methods to generate a regular grid from irregularly spaced
marine and aeromagnetic measurements. Other approaches
for computing the candidate model include removal of
a regional polynomial, iteratively adjusting a low-degree
main field model for different epochs from each of the
compilations, upward continuation of the data to 5 km
above the WGS84 ellipsoid, and finally knitting, merging,
and filtering them together (Hamoudi et al., 2007). Long
wavelengths (>400 km or spherical harmonic degrees
�100) were removed from the individual compilations,
and replaced with the MF5 anomaly map of the total field
downward-continued to 5 km altitude (Hemant et al.,
2007). The following sections describe the preprocessing
techniques and methods followed to derive the NGDC can-
didate model for WDMAM.

The WDMAM requires an accurate estimate of the
crustal magnetic field on a 5 km angular resolution grid.
Gridded data sets were mostly available in a 5 km grid
or even had coarser resolution. In case of track line data,
the resolution was variable (Table 1). Therefore, to prevent
further loss of information during processing, all grids
were decimated to 2.5 km angular resolution using the
minimum curvature algorithm of GMT. Most of the com-
pilations, in particular over the Northern Hemisphere, had
overlapping regions. The compilations known to have
higher accuracy or finer resolution were retained within
overlapping parts by rejecting the coarser ones. In the pro-
cess, the 15 arc-min GETECH data of South America and
Africa were discarded whenever a higher resolution
grid for the same region was available. Generally, the
aeromagnetic surveys over the land are draped, meaning
that they follow the surface topography at a constant
altitude above terrain. Thus, the derived compilations
from these surveys follow topography. Therefore, to accu-
rately process the altitude information with respect
to a geoid, a topographic model of the Earth was used.
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The NGDC ETOPO-2 (http://www.ngdc.noaa.gov/mgg/
fliers/01mgg04.html) surface elevation grid was linearly
interpolated to the measurement positions and added to
the terrain clearance of all draped surveys, to compute
the measurement altitude above the geoid.

The continental-scale compilations (Table 1) are pro-
duced after stitching together many regional aeromag-
netic anomaly grids (Ravat et al., 2002). These regional
surveys are flown at different times and, hence, use differ-
ent international geomagnetic reference field (IGRF)
models (seeGeomagnetic Field, IGRF) to reduce the mea-
sured data. The patchwork grids are therefore prone to off-
sets and edge effects and mismatch in anomaly shapes and
strengths across overlapping regions. They also have the
potential to introduce spurious anomalies. These edge
effects were corrected by subtracting a linear 2D trend
from all smaller sized grids.

It is well known that the genuine crustal anomalies of
strengths	500 nT can easily be contaminated by external
field disturbances of amplitudes 100 nT. Thus, it has been
a challenge to filter out short-wavelength noise from aero-
magnetic and marine track line data. To filter these spuri-
ous signals, spatiotemporal variations of the magnetic
field of strong but fast external field disturbances and
those recorded by instruments on board relatively slow
moving ships and aircrafts are compared by computing
the along-track derivative of the magnetic field residual.
As a selection criterion, if the derivative exceeded
100 nT/km, 20 preceding and following measurement
points on a track were removed. This selection procedure
removed about 3% of the marine track line profile data
and 9% of the Project Magnet data, which possibly were
affected by external field disturbances.
Methods
Line-leveling of data
In aeromagnetic surveys, inaccuracy in the measured posi-
tions of crossover points of acquisition, line to line differ-
ences in flying heights along adjacent tracks, and
inadequate compensation for the magnetic field resulting
from the aircraft leads to errors covering a region that
extends beyond the line spacing in each direction (see
Magnetic Data Enhancements and Depth Estimation;
Magnetic Methods, Airborne). These errors are visible as
linear anomalies parallel to the flight lines. If uncorrected,
the computation of derivatives enhances these noise
effects along the lines. This problem is common with
acquiring aeromagnetic data. A common processing
method to remove these errors is to line-level the data.
A set of tie-lines perpendicular to, but spaced greater than
that of the main survey lines is normally acquired for line-
leveling. The line-leveling procedure computes differ-
ences in the field values at the crossover points of the sur-
vey and tie-lines, and corrections are applied to minimize
these differences in the least-square sense (Reeves, 2005).

The track line data, both marine and aeromagnetic, used
for the WDMAM project is also likely to have this kind of
problem. These track line data are first corrected for the
main field and external fields. Additional navigational
errors, instrument biases, and disturbances from the unfil-
tered external field remain in the data causing uncertainty
in the longer wavelength part of the magnetic field. The
line-leveling technique addresses these remaining errors
in the track line data by minimizing the differences
between adjacent or crossing tracks (Maus et al., 2007b).

The technique defines a correction function for each
track given by

fjðdÞ ¼
XMj

k¼0

bj;k cos pkd=Xj

� �
: (1)
Here, Xj is the great circle distance from the first to the
last point of the jth track andMj is the number of parame-
ters required for the estimation of the correction function
of this track. The algorithm assumes Mj= trunc (Xj/400
km) + 1, to correct for offsets with half-wavelength greater
than 400 km. The choice of 400 km wavelength is based
on the minimum wavelength the MF5 model is able to
resolve. Tominimize the misfit between all adjacent tracks
and the differences of the track line profiles to the gridded
data, the parameters bj,k are estimated from inversion. The
line-leveling algorithm then minimizes the distance-
weighted misfit between all measurement locations. The
weight function W(r1,2,z1,z2) used here is given by

W r1;2; z1; z2
� �

¼ max 0; 1� 1
Rs

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
r2
1;2
þ 2 z1 � z2ð Þ2

� �r� �
:

(2)

where Rs is the search radius, r1;2 ¼ x2 � x1ð Þ2þ
�

y2 � y1ð Þ2
�1=2

is the horizontal separation and z1 and z2
are the vertical coordinates of two locations 1 and 2 in
Cartesian coordinate system. In Equation 2, the vertical
separation (z1–z2) is up-weighted by a factor 2 to account
for the greater variability of a potential field in the vertical
than in the horizontal direction. The weights proportional
to the distance from the margins of the grids were chosen.
A value of 0.01 on the margin and 1.0 at 200 km inland
were used. Although the line-leveling technique was effec-
tive in minimizing the misfist between adjacent tracks, it
also introduced spurious anomalies with half-wavelengths
larger than 200 km. However, these spurious long-
wavelength anomalies were later replaced by those from
the MF5 model.

The implementation of the technique first required the
decimation of 31,000 tracks of NGDC and Project Magnet
data into 98,000 segments. These track line data were then
line-leveled against each other by estimating 110,000 cor-
rection coefficients (bjk) from one grand inversion. This
procedure also minimized offsets where tracks overlapped
with gridded data. The segments that were affected by
strong external field disturbances were removed when
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differences between two adjacent segments exceeded 550
nT and misfit against the gridded data exceeded 500 nT.
The line-leveling and selection procedures further reduced
the rms misfit between two adjacent segments from 380 to
130 nT and against the gridded data from 400 to 90 nT.
Least-squares collocation
LSC is a scheme for interpolation by the weighted average
of the measurements similar to the method called Kriging.
The weighted averages are obtained in a minimum-
variance sense. The technique of LSC has been used to
solve a wide variety of problems in physical geodesy
(Moritz, 1980). It has been especially useful in certain sat-
ellite missions applications, such as in satellite altimetry
and satellite-to-satellite tracking. The LSC method is
discussed in Langel and Hinze (1998) and has been
applied by Maus et al. (2007b) to compute the NGDC
global magnetic anomaly. Since locations of the measure-
ment points in both track line and gridded data are not on
a regular grid, one requires an interpolation procedure to
estimate the field at regular grid nodes.

Following Moritz (1980), the LSC method estimates
vector components of magnetic anomaly field values, b,
on a predefined grid from a given set of vector magnetic
measurements, c, at nearby locations. The vector of mea-
surements, c, is defined as the sums of the true anomaly
vector, a, plus an associated noise vector, e (i.e., c = a+ e).
To estimate the value of b, covariance matrices are first
computed as follows:

Va ¼ E aaT
� �

;Vb ¼ E bbT
� �

;

T
� �

T
� �
Vb;a ¼ E ba ;Vd ¼ E ee ;

where E indicates the expected value. The collocation
requires the estimation of anomaly fieldb in the least-
square sense from

b ¼ VT
a;bV

�1
c c; (3)

where Vb;a ¼ Va;b

� �T
and

Vc ¼ E ccT
� � ¼ Va þ Vd: (4)

Here, it is assumed that e and a are uncorrelated, so that

Va;e ¼ Ve;a ¼ 0; andVd is the error covariance matrix of
measurement noise. The efficiency of the LSC method
then lies in computation of the covariance matrices Va,
Vb and Va;b from properties of the true signal (a) and the
estimation of Vd from the properties of the noise.

For a Cartesian approximation of the data volume,
Langel and Hinze (1998) suggest approximate correlation
functions V2 and V3 between two locations at (x1, y1, z1)
and (x2, y2, z2) of the form

V2 r1;2; z1; z2
� �¼ V0b r21;2þ z1þ z2þbð Þ2

� ��1=2
; (5)

where b ¼ rc
ffiffiffi
3

p�
, and
V3 r1;2; z1; z2
� �

¼ V0b
2 z1 þ z2þbð Þ r21;2þ z1þ z2 þbð Þ2

� ��3=2
;

(6)

where b ¼ rc 0:766= .
Here, the variance V0 is a linear scale factor for the hor-

izontal axis, while the correlation length rc is a scale factor
on the vertical axis. For magnetic anomaly fields, the use
of one of these correlation functions for collocation
depends on the variation of the function V2 and V3 with
distance. Based on correlation functions for NGDC mag-
netic data, Australia and North America, empirically, it
was determined that V3 gives a better fit than V2. From
V3, the values of V0 and rc are estimated to be 40,000
nT2 and 15 km respectively.

The value of b from Equation 3 can then be estimated
by computing thematrixVa,b given by (Maus et al., 2007b)

Va;b ¼ V3 ra;b; za; zb
� �

; (7)

and the matrix Vc from Equation 4,

Vc ¼ V3 r1;2; z1; z2
� �þ E eeT

� �
; (8)

are evaluated for all pairs of estimation (b) and measure-
ment (a) locations. The error covariance matrix of mea-
surement noise E(eeT) arise due to differences between
adjacent tracks and between a track and a gridded data,
which undermine all other sources of errors in the data.
After line-leveling, it was assumed the uncorrected differ-
ence is 25 nT and the error covariance matrix was set to
625 nT2 for data pairs from the same set, and 0 nT2 for data
pairs from different sets. The line-leveled data were finally
merged with the gridded data using the LSC method. This
grid is called the final merged grid.

Merging satellite models
Finally, the NGDC candidate model was derived by com-
bining the final merged grid with MF5 by computing the
magnetic potential. As a first step, the magnetic potential
of the line-leveled data was computed to spherical har-
monic degree 120. The degree correlation (cf. Langel
and Hinze, 1998) between this model andMF5was shown
to be about 0.6 at degree 100. This high correlation offered
some validation of high-degree coefficients of MF5. The
correlation suggests that CHAMP satellite data is able to
resolve many small-scale features beyond degree 100,
which could be crustal in origin. The power spectra
(Figure 2) of line-leveled data show excess power at
low-degree. This is possibly caused by unremoved
main field in continental-scale grids and by erroneous
long-wavelength anomalies introduced in stitching
together small-scale grids. At high degrees, the line-
leveled data has 10% more power than MF5. Again, con-
sidering the different data sources and their uncertainties
and various data processing steps and corrections, the dis-
agreement in power is judged small. Following a good
spectral agreement between the line-leveled and MF5
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model at degree 100, a sharp cutoff was used to substitute
the long wavelengths of the near-surface data with the
MF5 model. The substitution is carried out by subtracting
the near-surface model to degree 100 from each grid cell
and then adding the prediction from MF5. The final
NGDC candidate model for WDMAM is a 3 arc-min
angular grid of the total intensity anomaly at 5 km above
the WGS84 geoid. The digital grid of the NGDC candi-
date for WDMAM also referred to as EMAG3 model is
available at http://geomag.org/models/wdmam.html and
additional plugins can be downloaded from http://www.
getech.com/downloads/WDMAM for visualization in
NASAWorld Wind.

Other candidate models for WDMAM
There were four other candidate models for WDMAM.
Two of those models, the GAMMA model produced by
GeoForschungsZentrum, Potsdam (Hamoudi et al.,
2007) and the Leeds model derived by the team at Univer-
sity of Leeds, Leeds (Hemant et al., 2007) are published.
These models are described next.

The GAMMA model
Most techniques were designed to improve the compati-
bility of the overlapping areas of neighboring grids.
Hamoudi et al. (2007) applied different procedures to
improve this incompatibility. These procedures are useful
and easy to implement if only few grids are used, for they
require only first order estimation of improved long-
wavelength values.

Prior to processing, the gridded and track line data were
statistically analyzed to check for their self consistency. For
a pure anomaly field, one expects a symmetric distribu-
tion with zero mean. A skewed anomaly distribution not
centered on zero possibly indicates some more or less
severe contamination of other magnetic field contributions.
In this respect, Russian, East Asian, and European compila-
tions showed large anomaly intensity means. The standard
deviation of anomaly distribution was usually between
100 and 200 nT for continents but could be as large as
930 nT on oceans. Oceanic magnetic anomalies of
remament origin have amplitudes larger than on continents
but such a wide distribution can only be explained by noise,
bad tracks and outliers in the data. Another criterion, based
on the arithmetic sum, highlighted some bias in marine,
Russian, Australian, and East Asian compilations. These
statistics were used to provide the available data and compi-
lation with a quality flag.

The next procedure devoted to the analysis of data com-
patibility in the overlapping regions was based on visual
inspection. By binning the data on a coarse grid, the spuri-
ous isolated points or track lines could be easily identified
and manually removed. Other track lines, having consis-
tent values but suspicious behavior, like a few Project
Magnet data crossing the African continent or possibly
biased data offshore Senegal were removed. Some
GETECH South American and African compilations
showed unusual shapes like over Bangui. Considering that
these grids were coarser than any others, it was decided to
allow them a lowweight in the final process. Similarly, the
Indian grid based on repeat stations showed poor resolu-
tion, so magnetic map boundaries of Qureshy (1982) on
the eastern coast were applied. The European grid showed
unexpected geographical shifts by a few kilometers, in
particular over Germany, so the grids were used for analy-
sis only when no other data were available in that region.
In general, most grids suffered from edge effects, possibly
resulting from some kind of filtering at the last stage of
their production. Some of these errors were identified
but could not be systematically corrected due to lack of
complete metadata information.

The third procedure was to carry out an arguably homo-
geneous correction for the core magnetic field. It has been
customary to correct all aeromagnetic surveys with IGRF/
DGRF core field models (see Geomagnetic Field, IGRF;
Magnetic Anomalies, Interpretation). Older surveys were
corrected for more inaccurate core field models, particu-
larly for those carried out at epochs when rapid core field
variations were not yet identified (see Geomagnetic Field,
Secular Variation). The core field correction was thus
often followed by two-dimensional polynomial fitting or
a Cartesian Fourier filtering. The DGRF models or poly-
nomial fitting parameters were added to such old surveys
whenever they were known, and a more recent core field
model correction such as CM4 was (Sabaka et al., 2004).
When the core field models were unknown, a better solu-
tion was found by trials and errors. A DGRF core field
model for different epochs was added to each of these sur-
veys and the CM4 was removed. When it improved the
statistics (arithmetic mean, histogram of residuals), this
correction was deemed fruitful. This procedure was not
applied only for the Russian grid because it was outside
of the CM4 time span (1960–2002). This procedure was
shown to improve the data statistics by lowering the mean
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intensity anomaly toward zero and the continuity in
overlapping areas between adjacent compilations and
other artifacts caused by the different model biases. For
countrywide compilations with a clear knowledge of the
acquisition date, in France, Italy, and Spain, this procedure
provided a better way to correct for secular variation
between different compilations. For some other surveys,
however, for which the exact epoch and corrections were
poorly known, a regional polynomial adjustment was nec-
essary. In order to avoid Cartesian distortion due to the
Earth’s curvature a regional second order polynomial
from all grids in the WGS84 geographic reference was
removed. This polynomial fitting was not applied to the
Australian grid, where the long-wavelength control was
good, or to compilations over geographic poles (Arctic
and Antarctic grids), where the processing procedure
was based on using Cartesian reference frame instead.
After this correction, the grids were shown to have the
expected properties characterizing the anomaly field with
the average anomaly intensity and an arithmetic sum zero
(Table 2).

The fourth step consisted in upward continuation of the
data to the desired altitude of 5 km. Marine track line data
sets were also upward continued to mitigate effects of the
sharp transition at the ocean-continent boundaries. Grids
smaller than 2,000 km width, like Argentina, Austria,
Fennoscandia, Italy, France, Mexico, and Spain, were
upward continued to 5 km altitude above the geoid
Magnetic, Global Anomaly Map, Table 2 Statistics after preproc
et al., 2007)

Grid name
Number of points in
the grid

Minimum anomaly
intensity

Africa and South
America

65,030 �1,032

Antarctica 969,479 �894
Arctic 2,225,311 �2,604
Argentina inland 571,585 �3,150
Argentina margin 44,056 �137
Australia 23,636,550 �8,743
Austria 4,240 �55
Canary Islands 328,077 �400
India 625,898 �4,001
Eurasia 1,758,876 �916
Europe 664,626 �1,712
Fennoscandia 78,862 �526
Finland 420,121 �2,110
France 7,560 �111
Italy 36,603 �747
Mexico 79,699 �562
Middle East 4,915,299 �5,446
North America 63,447,385 �22,567
Russia 1,061,053 �1,046
South Africa 12,324,191 �14,642
East Asia 3,554,249 �340
Spain 81,501 �97
Magnet Project 7,814,111 �2,000
Marine Data 19,455,835 �2,000
without any further processing. However, larger compila-
tions (>2,000 km) were first split into 2,000� 2,000 km2

and upward continued individually. This dimension corre-
sponds to the maximum size for which the Earth’s curva-
ture can be neglected (Nakagawa et al., 1985). After
upward continuation, the edge effects between adjacent
grids were not significant.

The preliminary processing discussed earlier reduced
the large discontinuities but did not fully remove them.
The Grid-knitting tool of GeoSoft was used to smooth
the transition between adjacent grids. Some spurious
wavelengths were created but were filtered out later.
Merging large compilations with small compilations
includes a risk, because the adjustment is better con-
strained by the large compilation even if the small one
has apparently a better quality. Before merging the grids,
compilations with comparable grid sizes were generated
and more weight was given to the grid showing the best
statistical properties. Therefore, French, Italian, and Span-
ish grids were first merged together, followed by building
a second grid, the Finland, Fennoscandian, European, and
Austrian grids. These two new compilations were merged
together and the grids from Russia, Eurasia, Middle East,
Antarctica, and North America were successively added
to the compilation. The remaining grids that did not over-
lap with the grids listed above were simply added in
the corresponding geographical areas. This generated
a 30 � 30 global grid using GMT.
essing of gridded and track line data (Courtsey: Hamoudi

Maximum anomaly
intensity

Standard
deviation Arithmetic mean

701 66 3.E� 08

2,113 128 6.E� 05
5,528 171 �5.E� 05
1,480 107 �1.E� 07
318 44 6.E� 09
18,882 209 8.E� 04
137 27 0.E + 00
456 87 1.E� 05
7,109 102 8.E� 06
1,034 123 4.E� 05
7,983 179 1.E� 06
1,254 158 6.E� 09
3,974 240 2.E� 05
251 29 0.E + 00
1,402 79 2.E� 09
876 86 �1.E� 07
2,408 101 5.E� 04
26,232 191 3.E� 02
9,545 349 5.E� 05
11,341 176 �1.E� 04
2,196 85 6.E� 05
242 20 0.E + 00
2,000 89 0.E + 00
2,000 148 1.E� 04
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Finally, the spurious intermediate wavelengths intro-
duced by the merging were filtered out by a spherical har-
monic transformation. The wavelengths larger than those
corresponding to spherical harmonic degree 100 were fil-
tered out of the global grid and were replaced with those
from the downward-continuedMF5 model. The candidate
model along with accompanying documentation is avail-
able at http://www.earthref.org.
The Leeds model
To check for inconsistencies in the gridded data, the
strength of total field intensities across the two overlaying
grids are compared. Within the overlapping regions of
Eurasia and Europe, total field intensities disagree in
strength by 10–200 nT. At the grid boundaries, these
intensities vary by 100–150 nT. These differences indicate
possible errors in the long-wavelength content of the two
grids. The discrepancies could also be attributable to the
relative difference in the anomaly strength and resolution
of the original grid. These differences are also observed
between the Arctic and the North American compilations.
Continental and oceanic compilations also show disconti-
nuities in many regions.

For minimizing differences in the anomalies between
various grids, a low-pass Gaussian filter with a cutoff
wavelength of 400 km is applied in the 2-D space domain
using GMTsoftware (Wessel and Smith, 2004). The cutoff
wavelength is set to 400 km because the longer wave-
lengths are later substituted from the MF5 model, which
is robust up to spherical harmonic degree 100 (	400
km). The filtered output is a long-wavelength grid
(>400 km) and strongly resembles a satellite-derived
magnetic anomaly map. The short-wavelength grid is
computed by subtracting the long wavelengths from the
original grid and show finer details of the regional geology
and structure of the crust (Figure 3).

To analyze the systematic errors in the long wave-
lengths between adjacent overlapping grids, the difference
in the long wavelengths are computed. Avisual inspection
shows differences in the anomalies exceeding hundreds of
nT and often show a lack of continuity across two or more
grids. Because, it is difficult to judge the trustworthiness
of an overlapping long-wavelength grid, it was best suited
to replace the filtered long wavelength with a reliable sat-
ellite model.

Techniques that merge two adjacent compilations often
employ a weighted average of different-order surfaces
such that the two adjoining maps are seamless within the
merging area. These processes modify the grids within
the overlaying regions and near the edges and alter the
strength and pattern of anomaly features. In this process,
anomalies are modified, or at times genuine crustal anom-
aly features are even entirely eliminated. The merging
technique applied to merge short-wavelength magnetic
anomaly data minimizes abrupt changes along boundaries
of overlapping grids. Using the MOSAIC toolbox (http://
www.esri.com/), the grid values within the overlapping
regions were determined from Hermite Cubic functions
(Franke, 1982) and the short-wavelength grids merged.

The short-wavelength anomaly differences between
grids vary substantially; hence, it is difficult to prescribe
the order of precedence for merging. However, the quality
of an individual compilation is also reflected in the
long-wavelength differences. Therefore, the order of pre-
cedence of the grid merging was based on the difference
between long wavelengths and the quality of the parent
grid. Thus, the short-wavelength grids were merged in
the following order: Australia, North America, Austrian,
Canary Island, East Asia, Eurasia, Europe, Arctic, Spain,
Fennoscandia, France, Russia, Argentina margin and
inland, South Africa, Antarctica, Italy, India, Middle East,
Africa and South America, NGDC track line, and Project
Magnet data. The grids were merged beginning with the
highest precedence. The accuracy and reliability of the
merged grid is assessed by investigating the effect of
merging on the continuity of anomaly patterns across
two or more grids and the effects on the anomaly shapes
and strengths within and near the grid boundary. The dif-
ferences for the merged European and Eurasian grid
ranged from�100 to 200 nT and<�100 nT for the
remaining grid. A small difference of 8 nT was noted
between Australian and East Asian grids indicating con-
sistent anomaly patterns between the pair.

Finally, the total field anomalies of the short-wave-
length-merged magnetic anomaly map were added to the
downward-continued total field anomaly of the MF5
model to produce the candidate model of the LEEDS-
WDMAM. The candidate model is archived at http://
earthref.org/cgi-bin/ado.cgi?n=736&dbms=ERDA.
Earth magnetic anomaly grid (EMAG2)
As an improvement to the WDMAM, track line data were
added in the southern oceans, where the data gaps were
significant. For WDMAM, these, gaps in the ocean were
filled with magnetic anomalies computed from ocean
age model and geomagnetic polarity time scale. EMAG2
(Maus et al., 2009) was extrapolated into the unsurveyed
areas using directional gridding based on the ocean age
model of Müller et al. (2008). To further enhance the accu-
racy of the model over oceans, instead of using
precompiled ocean magnetic anomaly grids, original track
line data were used where available. Line-leveling algo-
rithm was the primary method to minimize crossover
errors. The new Arctic compilation (Circum-Arctic Map-
ping Project) was used instead of the old Arctic compila-
tion. A new crustal magnetic field model derived from
CHAMP data, the MF6 model (Maus et al., 2008), is used
for EMAG2 to correct the long-wavelength anomaly field
(wavelengths> 330 km) replacing the MF5 model used
for WDMAM model.

EMAG2 is 2 arc-min grid defined at a height of 4 km
above the geoid. The ocean data includes NGDC’s
GEODAS marine data archive, Antarctic Digital Mag-
netic Anomaly Project data (Golynsky et al., 2001), and



−6000−200 200 8600 nT−100 100−50a 50−25 250

30°

40°

50°

60°

70°

20°

10°

0°

350°

40°
50°

60°

70°

−6000−200 200 8600 nT−100 100−50 50−25 250

30°

40°

50°

60°

70°

20°

10°

0°

350°

40°
50°

60°

70°

b
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the Project Magnetic Airborne data of the Naval Research
Lab (NRL).

The line-leveling algorithm remains the same as
described earlier. However, the search radius was reduced
from Rs = 100–8 km in order to minimize the crossover
effects in processing the track line data. In addition, the
number of correction coefficients per track is now Ni=
trunc (Xi/300 km) + 1. These efforts reduced the crossover
errors from 92 to 70 nT and reduced the RMS misfit to the
merged grid from 121 to 97 nT.

The least-squares collocation method requires estima-
tion of the correlation function. No new correlation
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functions were computed for land areas as the gridded
compilation remained the same. Notable changes for
oceans, however were made. For instance, for Australia,
100 m terrain clearance was used. Due to the inclusion
of more accurate grids and original marine and airborne
surveys, the assumed variance V0 was reduced from
40,000 to 33,000 nT and the correlation length rc from
15 to 14 km.

The methodology of LSC was slightly modified for
EMAG2. The correlation analysis now considered the
anisotropy of oceanic magnetic anomalies. Track line
data, just the way it was processed for NGDC candidate
model, were first divided into small windows but along
the constant heading direction of the track. Next, for each
track, the azimuth for every pair of measurement points
was calculated and compared with the direction of the oce-
anic isochrons at the locations of both points. The pair was
removed from further processing if theymet one of the fol-
lowing criteria: (1) the azimuth of the isochrons was not
well defined, (2) the azimuth differed by more than 5

between the points, or (3) the topographic gradient
between the two points exceeded 3%. The NGDC
ETOPO-2 bathymetry values were used to compute the
topographic gradient. This gradient could detect and
remove the magnetic anomalies due to sea-mounts, which
otherwise would appear as noise. The anisotropic correla-
tion function was then computed in 10
 directional bins;
from 0
 (parallel) to 90
 (perpendicular, i.e., in the spread-
ing direction) to the isochrons. This anisotropic correla-
tion model allowed the LSC method to be used as
a directional gridding algorithm.

From the analysis of covariance function in the iso-
chron direction, it was noted that the function value
reduced too rapidly. Furthermore, extrapolating the field
far from a track line, made the function reduce to zero.
This produced erroneous stripes parallel to the track lines.
To stabilize the covariance function, the correlation length
was doubled when gridding the ocean areas. This made
the anisotropy of the oceanic field in EMAG2 to be
smoother than it perhaps is.

EMAG2 also suffers inaccuracies from the oceanic
crustal age model due to errors in the estimated ocean iso-
chrons. This error could easily have contaminated those
estimated oceanic magnetic anomalies of EMAG2, where
the uncertainties in isochron age are large. To reduce these
uncertainties, empirically, the anisotropy factor was
increased four-fold for all oceanic isochrons of
age<140 Ma and a linear reduction to a factor 2.25 for
ages>150 Ma was used. This procedure helped reduce
the errors in EMAG2 within the oceans, in particular over
the older crust.

For compiling the final EMAG2 grid (Figure 4), the
portion of the original total field anomaly up to degree
120 is replaced by that of the MF6 model. A spectral com-
parison between the original and modified grids shows
a slight discrepancy above degree 120. This is perhaps
due to the leakage of long-wavelength power into shorter
wavelengths. But the overall comparison generally
validates the power content in EMAG2. The EMAG2 grid
can be downloaded from http://earthref.org/cgi-bin/er.cgi?
s=erda.cgi?n=970 or from http://geomag.org/models/
EMAG2.

World digital magnetic anomaly map 2011
The WDMAM is an ongoing project, with plans to pro-
duce updates of the map and grid every 4 years. As part
of these updates, it is envisaged that more organizations
will make additional data available for WDMAM 2011,
in particular over regions where large data gaps exist.
The call for candidate models for WDMAM 2011 has
been announced. WDMAM 2011 will represent the total
intensity of the magnetic field at an altitude of 2.5 km
above the geoid at a resolution 2.5 km. The teams inter-
ested in deriving the candidate models are required to reg-
ister by April 2010 and submit their models by October
2010. The WDMAM executive committee will choose
one candidate as a basis for WDMAM 2011, and will
define necessary adjustments required before submitting
the manuscript to the CGMW. The final manuscript will
consist of a grid file and a map image plus a short explana-
tion. The CGMW will organize a scientific review of
the submitted WDMAM 2011 manuscript and will print
the map at a 1:50 million scale. Finally, the selected candi-
date model will be released as the WDMAM 2011 map at
the IUGG General Assembly in Melbourne, Australia in
July 2011.

Summary
In summary, with methods discussed above, it will be pos-
sible to regularly update the WDMAM model without
excessive effort to reliably synthesize a map that accu-
rately represents the world’s magnetic anomalies. This
would also require information on the long-wavelength
field in order to continuously improve representation of
the world magnetic anomalies. The upcoming Swarmmis-
sion of the European Space Agency (http://www.esa.int/
esaLP/LPswarm.html) will considerably improve the lith-
ospheric magnetic anomaly maps by providing highly
accurate measurements of magnetic field gradients and
further improve the long-wavelength anomalies in next
generations of WDMAMs and EMAGs. It is our hope that
these global magnetic anomaly maps will enjoy wide-
spread usage, and inspire further aeromagnetic and marine
surveys, thus helping to produce maps having truly global
coverage. Finally, the WDMAM would not have existed
without the willingness of institutions to constantly revise
and release their national-scale compilation.
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Synonyms
Geomagnetic Instruments

Definition
Magnetometers are devices/instruments that measure
magnetic field/magnetic flux density in particular Earth’s
magnetic field either vectorially or scalarly.

Introduction
First measurements of magnetic field intensity have been
introduced by Carl Friedrich Gauss (Kaufman et al.,
2009) in 1834. He has established a number of magnetic
observatories to continuously measure magnetic field of
Earth (see Geomagnetic Field, Measurement Techniques;
Geomagnetic Field, Secular Variation). Prior to that, com-
passes were in use for several centuries mostly for naviga-
tion but with no knowledge of the causes of magnetic
needle behavior. Since Gauss’ times, many methods of
magnetic field measurement have been developed but
there are two pillars of magnetometry discovered and
developed in the twentieth century:

1. Fluxgate magnetometers for measurement of compo-
nents of the vector of magnetic field (Primdahl, 1979;
Korepanov et al., 2007)

2. Scalar, quantum magnetometers with high precision of
measurement and a possibility of measurements in
motion (Abragam, 1961; Alexandrov and Bonch-
Bruevich, 1992; Hrvoic, 2004; Hrvoic, 2008)

Presently, absolute measurements of magnetic field direc-
tion by optical methods (DI-Flux or DIM) based on flux-
gate technology and the scalar measurements (Proton
precession, Overhauser or Potassium) of its magnitude
set up the limits of precision of the magnetic field vector
measurement.

Magnetometry is a mature science/technology with
myriad of applications. The need for better, more precise,
smaller magnetometers fuels continuous research in the
field.

This review will be treating separately vector and scalar
magnetometers describing their principles of operation
and main features, and with the view of their application
in different fields of geophysical exploration.
Scalar magnetometers with their high precision and
absolute accuracy now dominate measurements in min-
eral and oil exploration, volcanology, ordnance detec-
tion, archeology and partially magnetic observatories
while vector magnetometer’s role is limited to mag-
netic observatories, partially space measurement (Acuña,
2002) (see Equatorial Electrojet; Magnetic Methods,
Satellite), and in vertical gradiometers for archeological
research (see Archaeomagnetism). Scalar magnetometers
are used to calibrate fluxgates. Some experiments with
tensor measurements also include fluxgates and/or
SQUIDs (Supercooled Quantum Interference Devices)
(Clark, 1993).

All modern magnetometers are computerized instru-
ments with nonvolatile memory for display, storage, and
review of data.
Scalar (quantum) magnetometers
Advent of scalar magnetometers in the second part of the
twentieth century made a substantial contribution to mea-
surement of both vector and scalar values ofmagnetic field.
They offer precession frequency as a measure of magnetic
field. Scalar magnetometer’s sensitivities are determined
only by achievable quality of precession signal, value of
gyromagnetic constant, width of the spectral line (or time
of decay of the precession signal), and signal-to-noise ratio.
Scalar magnetometers have high sensitivity and accuracy
of readings, virtually no drift with temperature or time.
Measurements depend very weakly on sensor orientation
or movement allowing for measurement in motion.

Proton, Overhauser, and Alkali metal (optically
pumped) magnetometers are now overwhelmingly used
in mineral/diamond/oil exploration, weapons detection,
volcanology, archeology, magnetic observatories. Most
of the current research is done in variations of optical
pumping, and the progress in the last 25–30 years is phe-
nomenal. Sensitivities have been improved from some nT
to fractions of pT, perhaps four orders of magnitude, far
exceeding requirements for ground (seeMagneticMethods,
Surface), airborne (see Magnetic Methods, Airborne), or
marine surveys. Speed of readings increased from perhaps
once per second to tens and hundreds of readings per sec-
ond limited only by increasing noise and/or possibility to
usefully store a flood of data. With the development of
instrumentation, the use of gradiometers with two or more
sensors has increased (see Magnetic Gradiometry). It
improves the quality of surveys, determination of depth of
the anomaly producing body, following the direction and
depth of the buried pipelines or electrical power lines etc.

Scalar magnetometer consists of a sensor, separated by
a cable from electronics (to avoid its stray magnetic
fields). Electronics has an analogue part that generates
precession signal from the sensor and digital microproces-
sor based on part that controls the operation; measures
Larmor frequency; converts it into units of magnetic field;
and displays, stores, and/or outputs the data. Review of
data is often possible (Figure 1).



Magnetometers, Figure 1 Overhauser magnetometer – sensor,
cable and electronics console.
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Magnetometers, Figure 2 Magnetic moment m of a proton (or
electron) precesses around magnetic induction B. Resulting
magnetization M is collinear with B and static. Components
orthogonal to B are averaged out. Coupling energy E = �mB.
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Global positioning plays a big role in geophysical
ground and airborne surveys. In stationary measurements,
GPS provides precise timing (1ms accurate pulses
referenced to Greenwich standard time).

Background physics
Scalar magnetometers are all based on a spin of subatomic
particles – electrons and protons (Abragam, 1961;
Schumacher, 1970).

Spinning charged particles make magnetic dipoles. The
dipoles are precessing around ambient (applied) magnetic
field following Quantum Physics rules (Figure 2).

Precession frequency is proportional to magnetic flux
density:

o0 ¼ gB

o0 is an angular precession frequency (Larmor fre-
quency), B magnetic induction (flux density), and g gyro-
magnetic constant.

Spinning protons (electrons) orient themselves in mag-
netic field. Only two angles of orientation are allowed:
acute (lower energy level) and obtuse (higher energy
level).

Since individual particles precess at random phases,
their dipolar magnetic field in the plane perpendicular to
the magnetic field is averaged out. A projection of the
dipolar magnetic fields in the direction of the applied mag-
netic field is static. Since orientation at the acute angle to
the direction of the field is more populated than the one
at the obtuse angle, a minute “polarization” of precessing
particles creates a magnetization M0 collinear with mag-
netic induction B:

Mo ¼ Ng2h2=4p2B
4kTmo

N is the number of particles, g gyromagnetic constant,
h Planck’s constant, Tabsolute temperature, k, m0 constants.
When placed in the flux density B, M0 will reach its
“thermal equilibrium” exponentially with the “longitudi-
nal” time constant T1.

When deflected by about 90
, it will precess around the
field by the Larmor frequency and decay exponentially by
the “transversal” time constant T2. (Time constants T1 and
T2 depend on the aggregate state of the assembly of spin-
ning particles. In liquids and vapors, they may be several
seconds long, while in solids, T2 time is only in millisec-
onds and the precession signal disappears very quickly.
This is why all scalar magnetometers have liquid or gas-
eous sensors.) Particles at the lower energy level can accept
energy in the form of magnetic field at Larmor frequency
and flip to the higher energy level. Leveling of the two
energy level populations eliminates M0. This is saturation
of the precession spectral line. Proportionality constant,
the gyromagnetic constant (not always a constant), is
precisely determined to better than one part per million
accuracy only for protons in water (Hrvoic, 1996):

gr ¼ 0:2675153362rad=nT

Magnetization M is too small to produce detectable
0
precession signal when deflected in the plane of preces-
sion. All scalar magnetometers therefore need to increase
polarization and magnetization M and thus increase the
sensitivity of the instrument. Polarization is increased in
different ways:

 By temporarily increasing B to few hundreds Gauss
(Proton magnetometers)

 Transferring thermal equilibrium polarization of elec-
trons to protons in liquid sensors (Overhauser
magnetometers)

 Using light polarization in alkali metals, and 4He
magnetometers
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Magnetometers, Figure 3 Four energy levels combined
electron–proton system. Transitions 1–4 (weak scalar coupling)
and 2–3 (dipole-dipole coupling) involve combined transitions
of electrons and protons. 1–3, 2–4, 1–2, and 3–4 are
independent transitions of electrons and protons.
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Proton magnetometers
Proton magnetometers are the oldest scalar magnetome-
ters. The first commercial units were produced in early
1960s as portable instruments. In continuation, airborne
instruments appeared with optimized speed of readings
and sensitivity, large sensors, etc. Later development of
Overhauser and optically pumped magnetometers has
eliminated Proton magnetometers from airborne surveys.
However, they remain very popular in various ground sur-
veys and observatories.

Proton magnetometer’s sensor contains liquid rich in
protons and polarization/pick-up coil. Polarization is done
by increasing flux density B for a time comparable with T1
of the sensor liquid. Electrical current passing through
polarization coil creates strong magnetic field that polar-
izes protons of the sensor liquid. The coil is usually
immersed in liquid to maximize the coupling. Alterna-
tively, omnidirectional toroidal coil is used. Polarization
field of few hundred Gauss must be roughly at the right
angle to the measured field. Its removal must be fast to
leave the newly formed magnetization in the plane of pre-
cession. Practical portable Proton magnetometers achieve
about 0.1nT sensitivity at a few seconds cycle, somewhat
less in once per second measurements.
Overhauser magnetometer
Overhauser effect originates from double resonance
experiments in metals (Overhauser, 1953). Russian and
French scientists have greatly contributed to the develop-
ment of modern Overhauser magnetometers based on
nitroxide free radicals (Abragam, 1961; Pomerantsev,
1968). Practical realization of the magnetometer is as fol-
lows: Sensor liquid containing protons is placed in an RF
resonator. It has small concentration of a Nitroxide free
radical – stable chemical with one unpaired electron.
The unpaired electron is dwelling close to the nitrogen
nucleus, in its magnetic field of some 24 Gauss. Its elec-
tron paramagnetic resonance frequency in the Earth’s
magnetic field is about 30,000 times higher than the one
of protons. Unpaired electrons couple with the protons
of the sensor, creating a four energy level system
(Figure 3). Coupling can be either scalar or dipole –
dipole. If one of them predominates, saturating electron
resonance at some 60MHz, transfers part of electron mag-
netization to protons. Increased proton polarization
(magnetization) needs a 90
 deflection to be turned in
the plane of precession. The deflection can be either
pulsed (p/2 pulse) or stationary by applying a weak rotat-
ing magnetic field of Larmor frequency in the plane of
precession. Transferred magnetization is far superior to
any achievable by proton magnetometers and the mea-
surement does not need to be interrupted for polarization;
RF saturating field can be present continuously. In pulsed
mode, repeated p/2 pulses interrupt measurement by about
25–30 ms. Low power consumption, no warm-up delay,
higher sensitivity (10pT for one reading per second), abso-
lute accuracy, reasonable speed of readings (up to five
readings per second), and omnidirectional sensors make
Overhauser magnetometers very convenient and attractive
for magnetic observatories, volcanological exploration,
marine surveys, and base stations for airborne surveys.
Oersted and CHAMP magnetic satellites use continuous
Overhauser magnetometers as reference to vector mea-
surement of magnetic field.

Optically pumped magnetometers
This is the latest to be discovered and the most potent fam-
ily of magnetometers. It consists of elements of the first
column of the table of chemical elements. In gaseous
form, alkali metals have an unpaired electron in their
valence shell.

Gaseous sensor is subject to a circularly polarized light
(D1 line) (Happer, 1972). Polarization process lifts elec-
trons from a higher energy level to a metastable state from
which electrons fall back to both levels.

Eventually, all electrons are in the lower energy level
while the upper one is depleted. Absorption of light is then
reduced and the sensor is more transparent. Rotating RF
magnetic field of the Larmor frequency will depolarize
the sensor and increase absorption of the light (Figure 4).

As a result, the polarizing light will be modulated by the
Larmor frequency. Its detection produces an electrical sig-
nal for the measurement of magnetic field. Helium 4 mag-
netometers that have two valence electrons need a weak
discharge to lift one of them in a metastable state. Laser-
pumped Helium 4 magnetometer has sub pT sensitivity.
Due to the influence of nucleus (strong scalar coupling
with valence electrons), all Alkali metal magnetometers
have a number of spectral lines in their EPR spectrum
(Breit and Rabi, 1931).
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Magnetometers, Figure 4 Optical polarization (lifting an
electron from upper energy level to a metastable state) and
depolarization (lifting electrons from lower to upper energy
level) result in modulation of optical beam by Larmor frequency.
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Potassium spectral lines are well spaced and the opera-
tion of Potassium magnetometer can be based on a single
narrow spectral line. This ensures very high sensitivity
and the absolute accuracy similar to the one of Proton/
Overhauser magnetometers. Cesium and rubidium lines
are very close to each other, and they overlap and make
a relatively wide composite single line. Operation of the
magnetometer in self-oscillating mode is at the peak of
the composite line. Problem is that the position of the peak
depends on an angle between sensor axis and magnetic
field direction. A heading error due to this effect can be
reduced by a “split beam” technique, which symmetrizes
the composite line. Reduction of the heading error to some
nT or even a fraction of nT is possible. However, the split
beam technique reduces the sensitivity by about one order
of magnitude. Absolute accuracy of only few nT can be
achieved by Cs and Rb magnetometers.
Measurement of frequency
In the magnetic field of Earth (20–65mT), precession fre-
quency of protons is an acoustic frequency in a range of
some 850Hz–3kHz, while Alkali metal optically pumped
magnetometers produce 70–450kHz, 4He 280kHz
to about 2MHz. Considering achieved precisions of
measurement – one part per million or a small fraction
of that for Proton and Overhauser magnetometers respec-
tively and even few parts per billion for 4He and 39K or
41K – we are resolving Larmor frequency to a millihertz
precision. Times of all zero-crossings of precession fre-
quency are taken, and an average period is measured by
the least squares fit. Zero-crossing times must be under-
stood as a phase information too (0
, 180
, 360
, etc.),
and this allows measurement to the sub Hz precisions.
Measurement of phase difference to obtain the frequency
results in an unusual noise dependence on the speed of
readings. Most of measurements concerned with the noise
bandwidth specify noise as per square root of Hertz. Dou-
bling the bandwidth increases noise by square root of two.
Not so in precession frequency measurement. When we
double bandwidth by doubling the number of readings
per second the noise increases by two square roots of
two or 23/2 instead of 2½. Defining noise as per square root
of Hertz is therefore deceiving, although it may be calcu-
lated correctly for a particular number of readings per
second.

Another peculiarity of precession frequency measure-
ment is a phenomenon of “outliers” or “spikes” that occur
when a zero-crossing time is either missing or modified
by a spike of phase noise usually showing lower value
of magnetic field. Preponderance of outliers increases
dramatically as signal/noise ratio of precession signal
decreases.
Absolute accuracy and precision
Absolute accuracy of measurement can be determined
directly for Proton (Overhauser) magnetometers only.
Proton gyromagnetic constant gets periodically refined
by national standards institutions of a number of major
countries (NIST, USA; NPL, U.K; VNIIM, Russia; NIIM,
China).

Absolute accuracy of better than one part per million is
possible to achieve. Besides the precise gyromagnetic
constant, it requires a number of conditions to be fulfilled:
sensitivity must always exceed the absolute accuracy, fre-
quency reference precisionmust be adequate, phase stabil-
ity of the signal and time determination of a zero-crossing
must be proper, chemical shift of the precession frequency
of the sensor liquid must be taken into account (Hrvoic
1996). Since we measure frequency of rotating magnetic
moment, rotation of the sensor in the plane of precession
introduces error (rotational Doppler). This error, insignifi-
cant for optically pumped magnetometers, may be signif-
icant for Proton and Overhauser magnetometers (about
23nT offset for one cycle per second rotation of the
sensor).

Alkali metal magnetometers have only potassium capa-
ble of high absolute accuracy (comparing its readings with
Proton/Overhauser magnetometers) (Alexandrov and
Bonch-Bruevich, 1992). Cesium and rubidium operate
on lumped spectral lines, (and 4He has a very wide spectral
line) and their absolute accuracies are in few nT range.

Great majority of nowadays measurements do not
require high absolute accuracy but only sensitivity and
repeatability or relative accuracy of readings. Exceptions
are magnetic observatories, space measurements, and
perhaps some standards measurements derived from mag-
netic measurements (determination of electrical current
standard for example).

Sensitivities of scalar magnetometers vary. Details
depend heavily on particular design, but an order of mag-
nitude can be assessed. Proton magnetometers are nowa-
days used for ground exploration or calibration of vector
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magnetometers (fluxgates) only. Slow rate of readings can
produce about 0.1nT sensitivity and absolute accuracy. Up
to two readings per second are possible, but at this rate, the
noise is in nT range. Overhauser magnetometers achieve
0.01nT at one reading per second, maximum rate five per
second. High absolute accuracy Overhauser magnetome-
ters are standard at magnetic observatories and very prom-
inent in marine and ground surveys, and base stations for
airborne surveys. Composite spectral line Alkali vapor
magnetometers (Cesium, Rubidium) have similar sensi-
tivity to Overhauser at one reading per second, but their
top speed of readings is over 20/s. Their absolute accuracy
is only few nT. Laser-pumped 4He reaches sub pT sensitiv-
ities at one reading per second. Potassium has reached
0.05pT sensitivity at one reading per second. Practical
potassium assemblies for ground and airborne surveys
feature sub pT once per second and about 7–10pTrms
noise at ten readings per second. Like cesium and rubid-
ium, maximum speed of readings exceeds 20/s. Increase
of noise is rather a practical limit to a number of readings
per second. Cesium magnetometers are prominent in air-
borne surveys while potassium covers top of the field,
especially in gradiometry due to it’s high absolute accu-
racy. Potassium is exclusively used in some new high sen-
sitivity magnetic observatories and Earthquake study
centers.
Vector magnetometers
Vector magnetometers are generally used for static mea-
surements (observatories) or in vertical suspension (arche-
ology) or rarely in the component airborne surveys where
only computed total field may reach 0.1nT sensitivity,
while components stay useless due to changes in aircraft
attitude. In some recent attempt, accelerometers are used
to account for attitude changes and apply corrections.

Main characteristics of most of the vector magnetome-
ters are (except for SQUIDs):

1. Good sensitivity of measurement 0.1nT common,
0.01nT or somewhat lower (Korepanov et al., 2007)
the best reported.

2. Very precise determination of the direction of measure-
ment. One arc second change in direction means
a fraction of one nT difference in readings, depending
on an angle. In some orientations, vector magnetome-
ters can resolve 0.01nT field and well below one arc
second angle.

3. Relatively substantial temperature dependence (0.1nT/
C
or more).

4. Relatively substantial time variation – aging (2nT or
more per year).

Consequences of the above are difficulties in orienting
in the magnetic field and determination of the orthogonal-
ity of the three components. Due to their temperature
dependence/aging, the vector magnetometers at the mag-
netic observatories need calibration by Proton/Overhauser
magnetometers.
Fluxgate magnetometer
Main vector magnetometer today is the fluxgate. Its
operation is based on nonlinearity of magnetic properties
of steel (ferromagnetic material) (Primdahl, 1979). When
placed in strongmagnetic field, steel will lose its highmag-
netic permeability in saturation, i.e., relative permeability
will fall from several hundreds to close to one. A coil is
wound around a layered core of steel, and alternating
current is driving the core to saturation in two opposite
directions alternatively. When not saturated, the core will
concentrate the magnetic flux of the applied magnetic
field. When saturated, the flux will deconcentrate itself.
Pick-up coil wound around the core will detect changes
in the flux passing through the core. With no external mag-
netic field, the saturations on positive and negative sides
will be symmetrical i.e. the pick-up voltage will have only
odd harmonics. When the external magnetic field is pre-
sent, the saturations become unsymmetrical and second
harmonic appears in the pick-up voltage, its amplitude pro-
portional to the strength of magnetic field. Phase detected
second harmonic is then a measure of applied magnetic
field in the direction of the core. It is convenient to use
two pieces of the core with excitation windings in opposi-
tion and the pick-up coil encompassing both cores as this
eliminates pick-up voltage due to the original driving cur-
rent. Instead of double iron core, a ring or “racetrack”
shaped cores can be used (Figure 5).

Today’s fluxgates can achieve 0.1nT/
C temperature
coefficient with some nT per year aging. Composition of
the iron cores plays a big role in the quality of fluxgates.
Some recent new developments (Korepanov et al., 2007)
claim better noise and aging characteristics.

During the Second World War, a total field – oriented
single fluxgate was used to detect submarines. ASQ-10
instrument had about 0.1nT sensitivity and the total field
orientation of the sensor was kept by feedback electronics/
mechanics.
Absolute measurement
Declination/Inclination magnetometer (DI-Flux or DIM)
is a variation of fluxgate measurement (Jankowski and
Sucksdorff, 1996). Fluxgate magnetometer sensor is
mounted collinear with the optical axis of (nonmagnetic)
theodolyte, in horizontal plane. Theodolyte is rotated,
and two zero field angles are marked. The telescope is then
reversed and two more zero readings determined. Mag-
netic north in arbitrary coordinate system is then calcu-
lated from angles of the four zero field measurements.
The calculated angle is then referred to a known marker
to determine true declination angle related to north direc-
tion. To determine inclination, the theodolyte is oriented
in just determined magnetic declination vertical plane and
four zero field positions are determined in that plane.
Averaging will give the angle off horizontal, i.e., the incli-
nation. Some attempts have been made (see Geomagnetic
Field, Measurement Techniques) to automate absolute
measurements.



Magnetometers, Figure 6 DIdD Overhauser/Potassium suspended system (a) and with external vertical coil to measure inclination
directly (b).
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Magnetometers, Figure 5 Excitation current drives the two cores (a) in saturation in opposite directions. Pick-up coil detects
unsymmetry in saturation by measuring second harmonic. The cores can be connected at the ends to create “race track” (b) or ring
core (c) shapes. Ring core allows for measurement of two orthogonal components, on one core.
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Simplified version of DIM is the Declinometer. It has
a suspended magnet on a torsionless fiber, a mirror
attached to it at the right angle to its magnetic axis and in
front of a telescope. The theodolyte is turned until the tele-
scope becomes at right angle to the mirror. Direction of
magnetic meridian is read from the base of the theodolyte.
This is referenced to a known reference mark to determine
real declination angle.

Weakness of this measurement is an angle mirror-
magnetic axis of the magnet that has to be 90
. This is
mitigated by using two magnets of different magnetic
moments.

Quantum vector magnetometers
SQUID is a vector magnetometer of exceptional fT range
sensitivity. It operates at cryogenic temperatures (liquid
helium or liquid hydrogen) (Clark, 1993). It is used spo-
radically in geophysics for tensor calculations or short
base gradiometers.

DIdD (Delta inclination delta declination) is a vector
magnetometer with two orthogonal bias coils and a scalar
magnetometer (Overhauser or Potassium) (Figure 6).

Coils are oriented at right angles to magnetic field
direction, one in a horizontal plane, one in vertical mag-
netic declination plane. A sequence of four biased fields
and one unbiased allows for determination of departures
of the field from the preset one. Orientation of one bias
coil in the vertical direction and the other in the horizontal
East-West direction (now possible with the precise
GPS direction determination or a North seeking gyro-
scope) will convert dIdD instrument into an absolute
D and I instrument. Potassium magnetometer can provide
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superior sensitivity and absolute accuracy. The stability of
the instrument as for temperature and aging can be supe-
rior to the best fluxgates. This instrument is still in devel-
opment. It is meant for use in the directional drilling for
oil and minerals and possibly in a refined version for
magnetic observatories.

Summary
Magnetic measurements are an essential part of geophysi-
cal exploration for minerals and oil, archeological, volca-
nological explorations, research of atmosphere, Sun’s
influence, crustal studies, earthquake research, etc. Scalar
magnetometers are dominant in most fields. They are
described in some detail – their physics, principles of
operation, details of design, sensitivities and absolute
accuracy. Vector magnetometers are essential in magnetic
observatories, space measurements, and many scientific
investigations. Fluxgate magnetometers and variations of
absolute determination of magnetic field direction have
been described in some detail. Quantum magnetometers
as vector magnetometers are briefly described. Refine-
ment of Potassium magnetometers may improve sensitiv-
ity of presently used scalar magnetometers by two orders
of magnitude to sub pT range.
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MAGNETOTELLURIC DATA PROCESSING

Gary Egbert
College of Oceanic and Atmospheric Sciences, Oregon
State University, Corvallis, OR, USA

Definition
Magnetotelluric data processing: statistical estimation and
analysis of impedance tensors and other transfer functions
from measured electromagnetic time-series data.

Introduction
In the magnetotelluric (MT) method (seeMagnetotelluric
Interpretation), data processing generally refers to the ini-
tial analysis steps required to use naturally occurring time
variations of electromagnetic (EM) fields measured at the
surface to map the distribution of electrical conductivity
within the Earth (see Geoelectromagnetism). The data
are acquired as time series, generally including three com-
ponents of the vector magnetic fields, along with the two
components of the horizontal electric field. Earth con-
ductivity variations have a relatively subtle effect on the
raw EM data, which most directly reflect the temporal pat-
tern of external source variations. Sophisticated data
processing methods have been developed to extract the
interpretable Earth conductivity signal from these data.
Two distinct steps can be distinguished. In the first, time
series processing methods are used to estimate fre-
quency-dependent linear relations or transfer functions
(TFs), relating magnetic and electric field components.
In the second step, distortion and strike analysis, the full
set of TFs is reduced to a simpler set, consistent with sim-
plified one or two-dimensional models of Earth conduc-
tivity, typically allowing for shallow near-surface
complications. After these data processing steps, TFs are
inverted for conductivity, and the resulting images are
interpreted in terms of composition, physical state, and
Earth structure.
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Magnetotelluric Data Processing, Figure 1 Example of an
impedance tensor, the 2� 2TF relating horizontal electric and
magnetic field components. Real and imaginary parts of the
complex impedance components are plotted as a function of
period. Note that the diagonal components of the impedance
are relatively small; for the case of a 2D conductivity distribution,
these components would vanish identically, if the impedance
were expressed in the proper coordinate system.
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MT transfer functions
The basic assumption underlying the MT method is that
the external source fields are spatially uniform, an approx-
imation that can be physically justified provided the spa-
tial scale of external magnetic fields at Earth’s surface is
large compared to the depth of penetration of the EM
fields in the conducting Earth. Except at very long periods
(T > 104 s), for which penetration depths in the Earth can
exceed several hundred kilometers, and in the auroral zone
where ionospheric current systems vary over short length
scales, this assumption holds quite well for natural
sources. Local cultural sources of EM noise have much
shorter spatial scale, and will not always satisfy the uni-
form source assumption. These sorts of coherent noise,
which violate the most fundamental MT assumption, rep-
resent the most serious obstacle to successful MT transfer
function (TF) estimation.

For periodic sources at a fixed frequency, the assump-
tion of spatial uniformity implies that sources can be
expressed as linear combinations of two simple modes:
unit magnitude uniform sources linearly polarized
North–South and East–West. This in turn implies
a linear relationship (in the frequency domain) between
the horizontal electric and magnetic field vectors mea-
sured at a single site.

Ex

Ey

� �
¼ ZxxðoÞ ZxyðoÞ

ZyxðoÞ ZyyðoÞ
� �

Hx

Hy

� �
(1)

The frequency-dependent 2� 2 TF ZðoÞ is referred to

as the impedance tensor; see Figure 1 for an example.
Equation 1 can be justified by the linearity of Maxwell’s
equations, and the assumption that all sources can be
expressed as linear combinations of two linearly indepen-
dent polarizations (Egbert and Booker, 1989). Under these
circumstances, two independent field components (e.g.,
Hx and Hy at one location) uniquely determine all other
EM field components at any nearby site. The uniform
source assumption thus also justifies other sorts of TFs.
In the other most important case, the vertical magnetic
field component is related to the two horizontal compo-
nents at the local site

Hz ¼ TxðoÞ TyðoÞ
� � Hx

Hy

� �
: (2)

Vertical field TFs, which are commonly estimated

along with the impedance in most modern MT surveys,
are referred to variously as the Tipper, Parkinson vector,
or Wiese vector. Inter-station TFs, which relate horizontal
magnetic fields at two sites, are also sometimes considered
(e.g., Egbert, 2002).

Least squares transfer function estimation
The earliest approaches to MT TF estimation were based
on classical time series methods (e.g., Bendat and Piersol,
1971), applying a simple linear least squares (LS) fitting
procedure in the frequency domain. To be explicit,
consider estimating the MT TF between one component
of the electric field (e.g., Ex) and the two horizontal mag-
netic field components Hx and Hy at a single fixed fre-
quency o. This TF corresponds to the first row of the
usual MT impedance tensor. All of the discussion here
and in subsequent sections applies equally to the second
row of the impedance, and to the vertical field TF. Because
all of the TFs are most succinctly described in the fre-
quency domain as in (1–2), the first step in data processing
is generally to Fourier transform the data. After possibly
de-spiking and/or pre-whitening, time series for each com-
ponent are divided into M short time windows, tapered,
and Fourier transformed (Figure 2). Fourier coefficients
for N frequencies in a band centered around o are used
for the TF estimate, for a total of I ¼ MN complex data.
Estimates Ẑ of the TF (i.e., impedance elements) are then
obtained for frequency o by least squares (LS) fitting of
the linear model

E1
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EI

0
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1
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.
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Hy1

..

.
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B@

1
CA Zxx

Zxy

� �
þ
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..
.

eI

0
B@

1
CA; (3)

or in matrix notation

E ¼ HZþ e: (4)
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Magnetotelluric Data Processing, Figure 2 Example of time series collected with a long-period MT system. From bottom, three
vector components of the magnetic field (measured with a fluxgate magnetometer), two colocated orthogonal horizontal electric
field components (measured as the potential difference between pairs of electrodes separated by 100 m), and two horizontal
components of the magnetic field at a distant remote site. Three overlapping data segments are indicated by the vertical dashed
lines. Segments such as these are Fourier transformed to yield a series of complex Fourier coefficients for each data channel, which
are then used for the various transfer function estimates discussed in the text. Longer segments are processed to get Fourier
coefficients for longer period data, typically after low-pass filtering and decimating the time series.
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With standard least squares (LS), this is accomplished

by minimizing the sum of the squares of the residuals:
X
i

jExi � ðHxiẐxx þHyiẐxyÞj2 ¼
X
i

jrij2 ! min (5)

yielding

bZ ¼ ðH�HÞ�1ðH�EÞ (6)

where the superscript asterisk denotes the conjugate trans-
pose of the complex matrix.
Robust estimation
The simple LS estimator implicitly assumes a Gaussian
distribution for the errors ei in (3). This assumption often
fails for MT data due to the non-stationarity of both signal
and noise. Both can be highly variable in time, resulting in
a marginal error distribution in the frequency domain that
is heavy tailed and contaminated by outliers. As a result,
the simple LS estimate all too frequently leads to very poor
TF estimates with large error bars (Figure 3a). A number
of MT processing methods have been proposed to over-
come these difficulties, generally using some sort of auto-
mated screening or weighting of the data. Early efforts in
this direction used ad hoc schemes, for example weighting
data segments based on broad-band coherence between
input and output channels. A more rigorously justifiable
approach is based on the regression M-estimate (RME;
Huber, 1981), a variant on LS that is robust to violations
of distributional assumptions and resistant to outliers
(Egbert and Booker, 1986; Chave et al., 1987). For the
RME, the quadratic loss functional of (5) is replaced by
X
i

rðjExi � ðHxiẐxx þ HyiẐxyÞj=ŝÞ

¼
X
i

rðjrij=ŝÞ ! min
(7)

where ŝ is some estimate of the scale of typical residuals.
LS is a special case of (7), with rðrÞ ¼ r2. By choosing the
functional form for rðrÞ so that large residuals are penal-
ized less heavily than with the quadratic used for LS, the
influence of outliers on the estimate can be substantially
reduced. For robust estimation of MT TFs, the so-called
Huber loss function (Huber, 1981)

rðrÞ ¼ r2=2 jrj < r0
r0jrj � r20=2 jrj >¼ r0


(8)

is commonly used with r0 ¼ 1:5.
The more general loss function of (7) can be minimized

with an iterative scheme, which can be viewed as
weighted LS, with weights determined from the data.
Define the influence function cðrÞ ¼ r0ðrÞ (the derivative
of the loss function), and set wðrÞ ¼ cðrÞ=r. Then, it is
easily shown that the minimizer of (7) satisfies

bZ ¼ ðH�WHÞ�1ðH�WEÞ; (9)

where W ¼ diag w1 � � �wI½ � ¼ diag w r1j jð Þ � � �w rIj jð Þ½ �
is a diagonal matrix of weights. The RME thus
corresponds approximately to the weighted LS problem
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P
i
w rij jð Þ rij j2 ! min. The weights depend on the normal-

ized residuals ri ¼ Exi � ZxxHxi�½ð ZxyHyi�Þ=ŝ, and hence
on the TF estimate, so an iterative procedure is required.
Given an estimate of the TF, and of the error scale ŝ, nor-
malized residuals can be used to calculate weights, and the
weighted LS problem can be solved for a new TF estimate.
This procedure can be started from a standard LS estimate
of the TF (and some robust estimate of error scale, for
example, based on the median absolute deviation of resid-
uals) and then repeated until convergence.

For convex loss functions (e.g., the Huber function of
(8)), convergence of this procedure to the unique mini-
mizer of (7) is guaranteed (Huber, 1981). For the Huber
loss function in (8), the weights are

wðrÞ ¼ 1 jrj > r0
r=r0 jrj � r0


; (10)

i.e., data corresponding to large normalized residuals get
smaller weights. To allow for a sharp cutoff, with data
exceeding a hard threshold discarded, the loss function
rðrÞmust be non-convex, and convergence of the iterative
minimization algorithm cannot be guaranteed. The stan-
dard practice is to iterate with a convex loss function such
as (8) to convergence, followed by a final step or two with
a hard cutoff to completely discard extreme outliers. This
completely automated procedure frequently results in sig-
nificant improvements in TF estimates, as indicated by
improvements in smoothness and physical realizability
of apparent resistivity and phase curves (Figure 3b), and
reproducibility of results.

More ad hoc schemes are also frequently used for
down-weighting noisy or inconsistent data. These can be
viewed as special cases of the weighted LS estimate of
(9) but with weights now determined by some criteria
other than residual magnitude. For example, in coherence
weighting, broad-band coherence of input and output
channels is used to down-weight time segments with low
signal-to-noise ratios. Such methods can of course be
combined with the RME.

Leverage
The RME can still be excessively influenced by a small
number of data sections with large signal (or more typi-
cally noise) amplitude. In the terminology of linear statis-
tical models, these large amplitude data are leverage
points. For the LS estimate, the predicted data are

Ê ¼ H H�Hð Þ�1H�
h i

E (11)

with the matrix expression in brackets (which maps
observed data to predicted) referred to as the “hat matrix.”
It is readily shown that the sum of the diagonal elements of
the hat matrix satisfy

PI
i¼1 hii ¼ 2, and that the individual

diagonal elements hii can be interpreted as the fraction
of total magnetic field signal power in the ith Fourier
coefficient. Large values of hii indicate data points with
inordinate influence on the TF estimates. In extreme
cases, leverage points are used heavily to predict them-
selves, making the iterative RME ineffective. To deal with
leverage points in routine MT processing, it is thus useful
to include an additional weighting term (a function of
the magnitude of hii) to reduce the influence of any obser-
vations of unusually large amplitude (e.g., Chave and
Thomson, 1989).

Remote reference
The linear statistical model (4) is strictly appropriate to the
case where noise is restricted to the output, or predicted
electric field channels. Violation of this assumption
results in the downward bias of estimated impedance
amplitudes. These biases are proportional to the ratio of
noise power to signal power, and can be quite severe in
the so-called MT “dead bands” centered at frequencies
1–5 kHz and 0.1–1 Hz (examples of such biases are seen
in Figure 3a, b, at periods shorter than 20 s). To avoid these
bias errors, horizontal magnetic fields recorded simulta-
neously at a remote reference site are correlated with the
EM fields at the local site (Gamble et al., 1979). Letting
Rxi and Ryi be the Fourier coefficients for the two remote
site components for the ith data segment, and R the
corresponding I � 2 matrix, then the remote reference
analog of the LS estimate is

Ẑ ¼ R�H½ ��1 R�E½ �: (12)

It is can be shown that the remote reference estimate is

unbiased if noise at the remote site is not coherent with
noise in magnetic and electric fields at the local site. Thus,
the remote reference estimate can eliminate or signifi-
cantly reduce the effects of coherent cultural EM noise,
provided the reference site is sufficiently distant. Very
large scale sources of cultural noise, in particular DC elec-
tric railways, still present a significant challenge to
collecting high-quality MT data in many parts of the
world. These sources can be coherent over large enough
scales to contaminate both local and remote signals, but
still have significant power at wavelengths which are short
enough to violate the MT uniform source assumption.

To generalize the RME to remote reference, one can
iterate the weighted analog of (12), i.e., Ẑ ¼ R�WH½ ��1

½R�WE�, with the weights on the diagonal of W deter-
mined from the residual magnitudes, exactly as for the sin-
gle site robust estimator. It is also useful to add some
additional weighting to allow for outliers at the remote
site, and as with the single site estimates, for leverage.
When arrays of simultaneously operating EM instruments
are available, more complex procedures, which use data
from multiple sites to define the reference fields are possi-
ble (Egbert, 2002).

Error estimates
With a statistical approach to TF estimation, one also
obtains error variances that define the precision of the
TF estimates. These error bars are required to assess the
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adequacy of fit of models derived by inversion, and thus
play a critical role in the interpretation process. The
covariance of the linear LS TF estimate of (6) is readily
derived from standard theory, based on linear propagation
of errors:

Cov Ẑ
� � ¼ ŝ2 H�H½ ��1

ŝ2 ¼ ðI � 2Þ�1
X

i
rij j2:

(13)

where ri are again the residuals. An analogous expression
for the error covariance for the remote reference estimate
is

Cov Ẑ
� � ¼ ŝ2 R�H½ ��1 R�R½ � H�R½ ��1

ŝ2 ¼ ðI � 2Þ�1
X

i
rij j2:

(14)

For both (13) and (14), the diagonal components of the

2 � 2 covariance matrices are the estimation error vari-
ances for the two impedance elements.

For the RME, variances of the estimates are compli-
cated by nonlinearity, but asymptotic expressions (valid
in the limit of large sample sizes) can be obtained from
standard theory (Huber, 1981):

Cov½Ẑ� ¼ ðI � 2Þ�1P
i wi rij j2

I�1
P

i c 0 rij j=ŝð Þ� �2 H�H½ ��1 (15)

where ri, wi, i ¼ 1; . . . ; I and ŝ are the residuals, and
weights and error scale from the final iteration, and the
prime denotes the derivative of the influence function.
An analogous asymptotic covariance for the robust remote
reference estimates can be given with H�H½ ��1 in (15)
replaced by R�H½ ��1 H�H½ � H�R½ ��1.

As an alternative to asymptotic error estimates such as
(15), the nonparametric jackknife method (Efron, 1982)
has also been frequently used for computing TF error esti-
mates (Thomson and Chave, 1991). The jackknife
approach can also be applied to compute error bars for
complicated nonlinear functions of TFs, which arise, for
example, in some forms of distortion analysis. The jack-
knife approach significantly increases computational
effort required for TF estimation, unless some approxima-
tions are used (Eisel and Egbert, 2001).

Strike and distortion analysis
As of this writing, MT data are most often acquired in pro-
files across a geologically appropriate strike, and the data
are interpreted with two-dimensional (2D) Earth conduc-
tivity models that vary only with depth, and across strike,
a reasonable approximation for many geologic structures.
If the 2D assumption holds exactly, and the coordinate
axes (used to give the components of the horizontal elec-
tric and magnetic fields) are chosen so that one of x or y
aligns with the geoelectric strike (i.e., the direction along
which there is no variation in conductivity), the diagonal
components of the impedance tensor vanish.
ZðoÞ ¼ 0 ZxyðoÞ
ZyxðoÞ 0

� �
: (16)

This special form only holds when the impedance is

expressed in the proper coordinate system. Thus, once
impedances are estimated, a key step in 2DMT interpreta-
tion is to determine an appropriate geoelectric strike where
(16) holds approximately. The two off-diagonal compo-
nents in this coordinate system (the transverse electric or
TE mode, in which electric currents flow along the geo-
logic strike, and transverse magnetic or TM mode, in
which electric currents flow across the geologic strike;
Magnetotelluric Interpretation), are then fit using 2D
modeling and inversion programs.

Even if the 2D approximation is reasonably justified for
large-scale deep structure, more complex (3D) small-scale
near-surface complications in conductivity will occur.
These near-surface features result in distortion of the
impedance tensor, so that even when the correct regional
strike is used to define the coordinate system, the imped-
ance tensor does not have the simple form of (16). Most
modern approaches to 2D MT interpretation allow for
these distortion effects in strike determination, and subse-
quent inversion. Early approaches to strike determination,
such as choosing the strike angle to minimize the magni-
tude of the diagonal components, without accounting for
distortion effects are seldom used anymore.

In the limit where the penetration depth of the EM fields
greatly exceeds the depth to the bottom of the near-surface
distorting structures, the electric fields (only) are distorted
in a static (frequency-independent) manner. Allowing for
rotation of the measurement coordinate system by an
angle y, the distorted impedance tensor for a 2D Earth
can be decomposed as

ZðoÞz ¼ UD~ZðoÞU0

¼ cos y sin y
� sin y cos y

� �
Dxx Dxy

Dyx Dyy

� �

� 0 ~ZxyðoÞ
~ZyxðoÞ 0

� �
cos y � sin y
sin y cos y

� �
; (17)

whereD is the distortion matrix, which is real, and ~ZðoÞ is
the undistorted 2D impedance, which carries all of the fre-
quency dependence. It is readily verified that not all of the
parameters in (17) are uniquely identifiable – e.g., the dis-
tortion parameter Dxx cannot be determined independent
of the absolute level of the impedance ~Zxy; only the prod-
uct DxxZxy is uniquely determined. However, (17) pro-
vides a suitable model to determine an optimal
geoelectric strike (defined by the rotation angle y), and
this has ultimately become the most common use for strike
and distortion analysis in most 2D MT interpretations.
Note that in principal the same D and y should apply to
all frequencies at one site, while the strike angle should
be the same over all sites.
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Nonlinear least-squares estimation schemes can be
used to fit the parameters in (17) (e.g., Smith, 1995;
McNeice and Jones, 2001). These are often applied site
by site, for various subsets of frequencies, but impedances
from multiple sites can also be fit simultaneously. Finding
a consistent strike provides justification, and an optimal
coordinate system, for 2D interpretation. Sometimes, the
analysis is also used to eliminate sites, or frequency
ranges, which are inconsistent with the generally preferred
strike. Once the strike is determined and the impedance
tensors are rotated, the off-diagonal components can be
used as input for 2D inversion. Because the overall level
of the impedance curves are still potentially effected by
near-surface distortion, but the phases are not, it is com-
mon to fit phases more tightly, and relax fit to amplitudes
(i.e., apparent resistivities). It is also possible to directly
allow for distortion by introducing additional parameters
at the inversion stage.
Summary
Data processing represents the first step in MT data inter-
pretation, resulting in a reduction of the raw time-series
data (approximately 106 observations) to frequency
domain transfer functions such as impedances (a few
hundred numbers). These transfer functions contain infor-
mation about the response of the Earth to simple plane-
wave sources, and provide input data for subsequent
inversion and interpretation steps. Robust remote refer-
ence processing substantially improves reliability of trans-
fer functions estimates. Except in areas of strong cultural
noise (which unfortunately are increasingly common),
modern processing produces smooth unbiased response
curves. Distortion and strike analysis represents a further
step in MT processing, essential for 2D interpretation of
MT profile data. Such analysis is used to test for consis-
tency with the assumed 2D geoelectric geometry, to
estimate the strike, and to reduce the full impedance
to the TE and TM mode responses appropriate to 2D
interpretation.
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MAGNETOTELLURIC INTERPRETATION
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Providence, RI, USA

What is magnetotellurics?
The magnetotelluric (MT) method is a geophysical tech-
nique in which the time-varying electric and magnetic
fields from distant natural or artificial sources are mea-
sured at the Earth’s surface, and analyzed to determine
the electrical properties of the subsurface.

Workers have known from the 1800s that naturally
occurring transient voltages of significant magnitude
observed on grounded telegraph wires were associated
with rapid fluctuations of the geomagnetic field following
solar flares and auroral displays. These natural voltage
fluctuations � so-called telluric fields � have since been
explained as the product of eddy currents induced in the
finite conducting earth by transient magnetic field distur-
bances in the ionosphere and magnetosphere, even the
global-wide propagation of radiated signals from lightning
strokes in the distant atmosphere (see Magnetic Storms
and Electromagnetic Pulsations).

Early work byKato andKikuchi, and Rikitake in Japan,
and Tikhonov in the then, Soviet Union, laid the founda-
tion for using these natural electric and magnetic field var-
iations to study the electrical structure of the solid earth
(see the collection of classic reprints by Vozoff, 1985;
see also Geoelectromagnetism). However, it was the sem-
inal paper by Louis Cagniard (1953) that first described
the comprehensive procedure for using the ratio of the
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horizontal electric � that is, the telluric� field to the hor-
izontal magnetic field, for which he coined the name the
magnetotelluric method.

Fundamental concepts: surface impedance and
apparent resistivity
The magnetotelluric method, as generally employed by
geophysicists, invokes several fundamental concepts from
the theory of the propagation of electromagnetic waves.
The first concept is the physical attribute known as the
electromagnetic wave impedance of the medium (see
Magnetotelluric Data Processing), provided by comput-
ing the ratio of the electric field intensity to the orthogonal
magnetic field intensity. For example, Figure 1 shows an
electromagnetic plane wave vertically incident on the
earth’s surface; the electric field is polarized in the x-direc-
tion, and, to be consistent with the Poynting vector
S ¼ E�H, the magnetic field is polarized in the y-direc-
tion. Alternatively, for the case where the electric field
might be polarized in the y-direction, the magnetic field
will be polarized in the �x-direction. The ideal natural
field for magnetotellurics is one which is randomly polar-
ized in all horizontal directions, so that usually both sets of
electric and magnetic data, Ex;Hy

� �
and Ey;Hx

� �
, will be

employed, leading to two estimates of the surface
impedance:

ZðsurfÞ
xy ¼ Ex

Hy
and Zðsurf Þ

yx ¼ � Ey

Hx
(1)

The impedance terms in Equation 1 can be looked upon

as the coefficients of linear coupling relations between the
electric and respective magnetic field components having
the forms:

Ex ¼ Zðsurf Þ
xy Hy and Ey ¼ �Zðsurf Þ

yx Hx (2)

The subscripts on the impedance coefficients denote the

ordering of the respective electric and corresponding
orthogonal magnetic field components.
D
pr

Magnetic field directi

y
x

z

Magnetotelluric Interpretation, Figure 1 Schematic of a uniform
Under appropriate conditions, the resistivity of the uni-
form half-space in Figure 1 may be determined from the
measured surface impedance, since the characteristic
impedance that a wave encounters traveling through
a homogeneous medium is given by Zchar ¼ Ex Hy

� ¼
�Ey Hx= ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

iomrTot
p

where i ¼ ffiffiffiffiffiffiffi�1
p

, o is the radian
frequency (o ¼ 2pf , and f ¼ 1=T is the frequency in
Hz, where T is the period in seconds), m is the free-space
magnetic permeability (m ¼ 4p� 10�7 henries/m), and
rTot is the total resistivity that accounts for both ohmic
and dielectric effects in the medium.

The latter expressions for the ratios of the electric field to
its orthogonal magnetic field counterpart, can be rearranged
to estimate the resistivity of the medium according to
robs ¼ 1 om=ð Þ Ex Hy

�

 

2 ¼ 1 om=ð Þ Ey Hx=


 

2.

In general, however, the earth is not uniform, and as
proposed by Cagniard (1953) in his classic paper, it is
best to refer to the observed resistivity as an apparent
resistivity, which might be determined using either combi-
nation of the respective field components, Ex;Hy

� �
or

Ey;Hx

� �
. The corresponding apparent resistivities are

commonly referred to as Cagniard pairs, and are given by

rðappÞxy ¼ 1
om

Ex

Hy











2

and rðappÞyx ¼ 1
om

Ey

Hx











2

(3)

For a uniform earth as well as for a plane-layered earth,

as discussed below, one should expect that rðappÞxy ¼ rðappÞyx .
Exceptions to the latter denote the presence of lateral
heterogeneities, also discussed below.
Principles of depth sounding
The skin depth or depth of penetration of an electromag-
netic wave impinging on a uniform conductor (the earth)
is given by d ffi 500

ffiffiffiffiffiffiffiffiffiffi
r � Tp

meters, where r is the electri-
cal resistivity of the medium in Ohm.m, and T is the period
(inverse of frequency) of the signal in seconds. The conse-
quence of the skin-depth effect is that low frequency
(long period) waves penetrate to greater depth in a given
irection of
opagation

Electric field
direction

Subsurface

on

plane wave vertically incident on the earth’s surface.
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conductor than high frequency (short period) waves (see
Geoelectromagnetism).

The intrinsic resistivity of typical earth materials varies
over many orders of magnitude, depending on mineral-
ogy, water content, and temperature (see Electrical Prop-
erties of Rocks). Figure 2 summarizes the range of
characteristic depths of penetration over the typical range
of earth resistivities and frequencies employed in
magnetotellurics. As an aside, note in the upper right cor-
ner of the figure, the roll-over of the linear isolines for high
frequencies and high resistivities due to dielectric effects
coming into play.

The apparent resistivity as a function of increasing
period can be determined using spectral analysis of the
measured electric and magnetic time series (see Vozoff,
1985; see Magnetotelluric Data Processing). Then, from
measurements of the apparent resistivity as a function of
period, one can use the variable depth of penetration to
electrically “probe” the earth to greater depth by progres-
sively “tuning” the observed signals to progressively lon-
ger period.

For conventional magnetotelluric applications, at the
highest frequencies (ffi1 MHz) and the lowest resistivities
(close to that of seawater, 1/3 Ω-m, or lower), the signal
(often from commercial or government radio transmitters,
or, in the audio band, from distant lightning strikes) would
penetrate to a few meters or few tens of meters depth. This
range is useful for shallow geotechnical and groundwater
investigations, and perhaps shallow geothermal work.

At the other end of the spectrum, at frequencies of
a Hertz or lower (T � 1 s), workers usually rely on natural
sources in the magnetosphere and ionosphere (such as
micropulsations, magnetic substorms, and diurnal varia-
tions), (see Magnetic Storms and Electromagnetic Pulsa-
tions) to probe to depths of tens to hundreds of kilometers.

An example of the apparent resistivity that might be
measured on the surface of a broad sedimentary basin as
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Magnetotelluric Interpretation, Figure 2 Depth of penetration as
geophysical applications.
a function of period, as envisioned by Louis Cagniard in
his 1953 paper, is shown in Figure 3. The exploration geo-
physicist would have in mind that the relatively conduc-
tive sediments are underlain at some unknown depth by
more resistive crystalline or metamorphosed basement
(see Electrical Properties of Rocks). At an early stage, in
the exploration of such a basin, the interpreter would like
to determine three types of information from the observed
MT data: first, the physical properties of the sedimentary
basin (r1: the resistivity of layer 1); second, the depth d
to the base of the sediments; third, the physical properties
of the underlying basement (r2: the resistivity of layer 2).
From the various models seen in Figure 3b, a theoretical
model with a surface resistivity of 10 Ω-m, underlain by
a more resistive 1,000 Ω-m layer at a depth of 1,000 m,
“fits” the observed data quite well. The mathematical
framework through which one determines a model that
best fits the set of observed data is known as inverse theory
(see Magnetotelluric Data Processing; Inverse Theory,
Global Optimization; Inverse Theory, Linear; Inverse
Theory, Monte Carlo Method; Inverse Theory, Singular
Value Decomposition).

Effects of lateral heterogeneities
Early workers discovered the effects of lateral heterogene-
ities on MT data when they found that the Cagniard pairs
were unequal: rðappÞxy 6¼ rðappÞyx in Equation 3. That is to say,
the observed apparent resistivity often depended on the
direction in which the respective E andH fields were mea-
sured, as well as on the location of the measurements rel-
ative to local geologic features. Consider, for example,
the case of the simple 2D vertical contact shown in
Figure 4. The observed apparent resistivities can be
resolved into two principal modes: the incident electric
source field may be polarized perpendicular to the strike
of the contact, or it may be parallel to the strike of the con-
tact in the y-direction.
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Magnetotelluric Interpretation, Figure 3 (Panel a) An example of field data from magnetotelluric measurements. (Panel b) Field
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Computing the corresponding apparent resistivities
from the electromagnetic impedances for both cases, we
obtain for the TM (Transverse Magnetic), or E-
perpendicular mode:

ZðsurfÞ
xy ¼ Ex

Hy
; leading to rappxy ¼ 1

om
Ex

Hy











2

(4)

and for the TE (Transverse Electric), or E-parallel mode

ZðsurfÞ
yx ¼ � Ey

Hx
; leading to rappyx ¼ 1

om
Ey

Hx











2

(5)

Impedance matrix.Of course in actual field surveys one

usually does not know ahead of time the trend or principal
directions of local subsurface geologic features, so the
electrode lines and magnetic sensors are usually deployed
in standard geographic or geomagnetic coordinates. This
leads to a “mixing” or “cross-coupling” of the field
components. With reference to the linear coupling forms
in Equation 2, it is convenient to express these relations
in the compact matrix form

EðpÞ
x

EðpÞ
y

� �
¼ 0 ZðpÞ

xy

ZðpÞ
yx 0

" #
H ðpÞ

x
H ðpÞ

y

� �
(6)

where the superscript “p” denotes measurements in the
principal coordinates of the feature (such as in the x- and
the y-directions in Figure 4). Rotating relation (6) through
an arbitrary angle y clockwise from the principal coordi-
nates in Figure 4 leads to a relation between the measured
electric and magnetic field components of the form

Ex

Ey

� �
¼ Zxx Zxy

Zyx Zyy

� �
Hx

Hy

� �
(7)

where the impedance matrix is often referred to as a tensor
impedance.
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Three-dimensional (3D) heterogeneities. Recognizing
that the earth is, in general, 3D, electromagnetic workers
have developed various approximate methods to dealing
with it since the 1930s (see Keller and Frischknecht,
1966). Moreover, the theory of electromagnetic induc-
tion in 3D laterally heterogeneous material has evolved
significantly over the decades since 1980, largely through
implementing physically representative numerical tech-
niques (see the work cited for Stodt, Wannamaker, Mackie
and Madden among others, in Simpson and Bahr, 2005;
see also Siripunvaraporn et al., 2005). Several of the prin-
cipal effects of three dimensionality are illustrated in the
example in Figure 5 which is a plan view map of telluric
(i.e., electric) field distortions in the vicinity of a small
idealized, elliptically shaped conductivity anomaly in the
surface layer of an otherwise uniform or plane-layered
earth. The embedded “elliptical” feature in the figure is
a modest four times more conductive than the host
material (although it is not uncommon for lateral contrasts
to be an order of magnitude or more). The important point
is that the electric field (and the associated magnetic field)
can change dramatically in magnitude and direction over
very small distances.

Effects of bias of MT data from lateral heterogeneities.
Workers realized early in the development of
magnetotellurics that linear coupling relations like Equa-
tion 7 are most often the rule in field data (see the collec-
tion of reprints assembled by Vozoff, 1985). The first
step, therefore, in interpreting MT data often involves
decomposing multiple independent sets of observations

of both of the electric field components EðobsÞ
x ;EðobsÞ

y

� �

and the associated magnetic field components

H ðobsÞ
x ;H ðobsÞ

y

� �
to extricate estimates of the principal
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Magnetotelluric Interpretation, Figure 5 Plan view map of telluri
embedded conductivity anomaly. (Panel a) Voltage contours and se
field. (Panel b) The same parameters as panel a, but for an east-dire
values of apparent resistivity, rappxy and rappyx , in the princi-
pal directions. It is common practice to plot up both resis-
tivity estimates as a function of period, as was done for the
plane-layered case in Figure 3. However, the effects of
even a small heterogeneity on the MT response of an oth-
erwise plane-layered earth is illustrated in Figure 6, using
as the background the plane-layered example in Figure 3
(shown as the dashed line in Figure 6).

The dashed curve in Figure 6a represents the original
plane-layered response of Figure 3, along with the hypo-
thetical effects that might be encountered in MT field data
acquired at a site within, or in the vicinity of, a small, local
embedded surficial anomaly. For one of the principal
polarizations, the affected apparent resistivity relative to
the original plane-layered curve is “upward-biased” by
almost a factor of 2, and for the orthogonal polarization
the apparent resistivity is “downward-biased” to 36% of
its undistorted value. (There is no reason, of course, that
for some cases both rappxy ðTÞ and rappyx ðTÞ might be biased
to higher values, or both biased to lower values.)

Such bias effects are endemic to magnetotelluric sur-
veys, and are particularly challenging to those investiga-
tions that are intended to be “deep-sounding” of the crust
and upper mantle (and the mantle transition zones), since
it is so easy for an undetected static offset to bias the long
period asymptotic values to larger, deeper, and more resis-
tive � or smaller, shallower, and more conductive �
values. If, along with the “static” offsets described above,
there are 3D induction effects as well, the field data
become increasingly more complicated to untangle.
Figure 6b shows several selected classes of MT responses
often observed in field data due to quasi-static and inductive
coupling effects for various combinations of shallow and
deep (or distant) lateral heterogeneities. While one must
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“quasi-static shift” (referred to the dashed plane-layered case). (Panel b) Selected classes of “distortions” of MT data due to
various combinations of shallow and deep lateral heterogeneities, with static and inductive coupling effects.
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be cautious in drawing toomuch from a single set of sound-
ing curves, these panels might illustrate the following
generic phenomena. Panel b1 illustrates the type of static
shift from a shallow surface feature discussed above. Panel
b2, on the other hand, suggests a fairly uniform layer at shal-
low depth, but as the period and depth of penetration
increases, the principal resistivities begin to separate indi-
cating a deeper-seated inhomogeneity. One needs to be
careful here, as the inhomogeneity may lay off to the side,
and be a lateral effect, rather than a simple depth effect.
Panel b3 suggests a similar, but more complicated phenom-
enon in that the two resistivitymodes do not simply separate
at longer period, but their respective shapes are frequency
dependent, indicating that there are significant induction
effects as well as static shifts coming into play. Panel b4 is
an idealized version of situations commonly encountered
in real data that might be theoretically explained by a true
anisotropic resistivity layer at the surface, with a more con-
ductive layer at depth. Often, however, for real world data,
the merging of the principal resistivity curves with increas-
ing period is simply a precursor to their crossing and then
shifting apart again at still longer periods. In all of these
cases, drawing 1D inferences from data that are clearly
affected by 2D and 3D structure is questionable. For other
examples, seeVozoff (1985) and Simpson and Bahr (2005).
Current strategies for MT interpretation
Much of the progress on MT interpretation over the last 3
decades is due to a progressive improvement in data
acquisition, robust processing of multi-site data, and care-
ful 2D and 3D numerical modeling. Simultaneously,
recording multi-station MT arrays have become the stan-
dard practice for industry, academia, and government sur-
veys. Recognizing the importance of high-density
coverage using simultaneous observations of MT fields
at multiple sites, several national programs are developing
multi-station MT arrays. Typical instrumentation for such
facilities is described by Smirnov et al. (2008), with some
of the preliminary results of the Earthscope MT array in
the United States reported by Patro and Egbert (2008)
(See also Instrumentation, EM).

There is an increasing emphasis, when interpreting MT
data, on either explicitly using 3D models, or at least on
using 3D models as guides when using the more efficient,
less computationally intensive, 2D inverse techniques.
The earth, however, is three-dimensional, and most
workers agree that any attempt to simplify its inherent
complexity with 2D or even 1D plane-layered models,
needs to be assessed at some level with effective and rep-
resentative 3D models. Such models have progressively
evolved from the initial contributions reported in the
reprint collection of Vozoff (1985). A number of notable
reports on 3D numerical models – modeling, inversion,
and applications � are contained in the compendium of
Oristaglio and Spies (1995), with additional developments
byMackie et al. (1993), Siripunvaraporn et al. (2005), and
Tong, et al. (2009).

In spite of the promise of full 3D MT interpretations,
most recognize that the inversion of data from a large
regional array of broadband stations in terms of general-
ized 3D models tends to be computationally intensive
(Newman and Alumbaugh, 2000; Zhdanov and Tolstaya,
2004). Thus, most surveys interpret array data in terms
of 2D cross-sections. In many cases, the response of
a 3D feature is locally quite 2D in nature. In other cases,
it may be possible that the type of localized static shift
discussed in an earlier section can be compensated for,
and the observed coupling matrix can be decomposed into
regionalized principal elements (Groom and Bailey,
1989). Berdichevsky et al. (1998) summarize several of
the major concepts that many interpreters employ when
analyzing MT data from 2D (and 3D) environments. First,
while the TM (E-perpendicular) mode is often quite sensi-
tive to local near-surface features, the TE (E-parallel)
mode is often more indicative of deeper, more regional
features. Second, while the TM mode is more susceptible
to the effects of static shift, it is not uncommon that the



828 MAGNETOTELLURIC INTERPRETATION
TEmodemay be relatively undistorted. Both modes, how-
ever, are essential for a comprehensive interpretation of
a study area, but must be used prudently. Ledo et al.
(2002) discuss the limitations as well as the computational
advantages � when appropriate � of applying 2D model
inversions to actual 3D field situations.

For many investigations, the concomitant 2D and 3D
effects might be considered unwanted “distortions” of
deep-sounding data, and a bane to those studies intended
to better understand the deep crust, or to delineate the
depth to the lithosphere–asthenosphere boundary, the
mantle transition zones, and so forth, on regional or sub-
global scales. On the other hand, there is indeed a great
deal of information in MT data that could be essential
for characterizing the full 3D character of the earth, and
the method, when properly executed, is proving to be
a powerful means for delineating geologic features having
application to a variety of fundamental geophysical and
geological problems. However, it should be clear from
the example in Figure 5 that in order to identify, character-
ize, and account for the effects of localized surficial fea-
tures, one needs to deploy a sufficient density of sites to
spatially characterize the surface field patterns. The situa-
tion is quite analogous to the “aliasing” problem that gov-
erns the strategy for properly sampling a time series; only
in MTwe are not dealing with simply a 1D sequence, but
rather with 2D areal coverage. Berdichevsky (1999) offers
a thoughtful critique of several of the underpinning para-
digms and procedures of modern magnetotellurics.
Case studies
A number of early applications of the MT method are
described in the texts of Patra and Mallick (1980), and
Vozoff (1985). More recent case studies are described in
the text by Simpson and Bahr (2005). The most exciting
of these involve multidisciplinary geophysical field
efforts. Particularly, noteworthy is the series of integrated
MT, seismic refraction, and gravity investigations initiated
by the US Geological Survey in the Pacific Cascades vol-
canic belt in the Northwest US (see the review by Stanley
et al., 1990). Early phases of this work led to the first
major international offshore/onshore MT and geomag-
netic deep-sounding (GDS) project: the EMSLAB
project that extended from the offshore Juan de Fuca
Rise to the east side of the Cascades volcanic system
(c.f., Wannamaker et al., 1989). Work in this area con-
tinues. For example, in a reanalysis of data from the
EMSLAB Project, Vanyan et al. (2002) articulate the
experience of many that when interpreting a profile of
widely spaced, multi-siteMT data in such complicated ter-
rains, one needs to be selective in which elements of the
MT impedance matrix are most consistent when develop-
ing a 2D inversion. They found that under the complex
geologic conditions of the region, the strict inversion of
both the TE and TM modes simultaneously at each and
every site yielded an intricate, but what is likely a geo-
physically implausible, pattern of conductive and resistive
features resulting in a large misfit of the model response to
the data. The analysis improved significantly, they felt,
when they were more selective in which of the principal
impedance components were employed at a site. They also
found that using lateral variations of the transient mag-
netic field, in conjunction with the MT data, significantly
complemented their analysis. This point of view probably
captures the spirit of most current MT investigations, and
certainly underscores the importance of multiple station
arrays of closely spaced sites.

In other regions, Sarma et al. (2004) report on
a comprehensive MT study of an active seismic zone in
western India. Solon et al. (2005) describe a large array
MT study of the deep crust beneath the Himalayas in cen-
tral Tibet. Munoz et al. (2008) investigate mid-crustal con-
ductivity anomalies using 3D models of SW Europe.
Wannamaker et al. (2008) describe the application of
MT to understanding lithospheric deformation and mag-
matic processes along the Great Basin-Colorado Plateau
transition zone. Continuing the work in the US Pacific
Northwest, Patro and Egbert (2008) report on their analy-
sis of data from deployments in 2006 and 2007 of the still-
evolving US Earthscope MT Transportable Array. Data
were sequentially acquired in the period range from 10
to 10,000 s at 110 sites, covering the region at a nominal
station spacing of 75 km. Han et al. (2009), using a 3D
model to interpret MT data on the Korean peninsula,
emphasize the importance of accounting for the effects
of the nearby ocean and coastline. Eaton et al. (2009), in
pulling together a variety of geophysical evidence, present
a recent update on MT investigations of the lithosphere
and asthenosphere beneath cratons, particularly for North
America. Similar applications ofMT to understanding sig-
nificant solid earth problems are ongoing in China, Japan,
Europe, Great Britain, South America, Antarctica, Africa,
New Zealand, and Australia. Clearly, magnetotellurics is
becoming an essential tool for a better understanding of
earth systems on a variety of scales.
Summary
Themagnetotelluric (MT) method is based on the physical
theory of electromagnetic wave propagation in electrically
heterogeneous materials. Using the “skin-depth” principle
that, in a given conductor, long period signals penetrate to
greater depth than short period signals, the method typi-
cally employs the rich spectrum of natural electromagnetic
energy from the ionosphere, magnetosphere, and atmo-
sphere (distant lightning storms) to “probe” the electrical
structure of the earth from a few hundred meters depth to
tens even hundreds of kilometers. For near-surface appli-
cations, active transmitters are used throughout the audio
band (100 Hz to 20 kHz) to above a megahertz. The last
decades have seen significant developments in the type
of low-noise, large dynamic range instrumentation needed
for such studies, along with robust real-time data
processing, 3D numerical modeling, and geophysical
inverse theory. The MT method involves recording and
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analyzing the spectral character of the complex amplitudes
and phases of the electric and magnetic field components
over a wide range of periods from an array of closely
spaced sites on the earth’s surface. From the spatial and
spectral character of such data, one can, in a sense,
deconvolve the signatures of lateral and vertical variations
in the bulk properties of the subsurface to develop insight
on fundamental processes in the earth.
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Definition and introduction
Magnetovariation studies identify the induced component
of magnetic variations, from a spatial array of magnetic
variation measurements and thereby infer the distribution
of subsurface electrical conductivity in the Earth, through
a linear transfer function between inducing and induced
variations. These induction studies, which investigate
the secondary magnetic fields induced in the solid Earth
by external current systems, are undertaken to provide
constraints on the electrical conductivity of the upper
1,000 km of the finitely conducting earth.

The techniques involved in magnetic variation studies
are as follows:

Measurement of magnetic variations over an array of
stations
Variations of the earth’s magnetic field, caused by pro-
cesses in the ionosphere and beyond, viz., external varia-
tions, and the secondary fields induced by them in the
Earth are recorded at observatories or at magnetometer
stations explicitly set up for the purpose (seeGeomagnetic
Field, Measurement Techniques). The sampling interval
and lengths of data recorded are determined by the depth
of investigation desired, limitations of instrumentation,
size of the array, etc. Electric currents flow through the
Earth’s magnetosphere and ionosphere causing a wide
spectrum of external magnetic variations (	 1 s –1 day),
(see Magnetic Methods, Surface). These magnetic varia-
tions induce secondary electric currents in the conducting
layers of the Earth below the source current. The presence
of such conducting layers is identified from spatial gradi-
ents in magnetic variations measured at that point or
nearby stations (Egbert, 2002). The normal field in spec-
tral content is defined as the sum of contributions from
the external source field and that part of the internal field
that is due to the regional (1D, radial variation) electrical
conductivity structure (Parkinson, 1987).

Spectral analysis of magnetic variations to determine
sufficiency of signal content based on assumptions
regarding uniform inducing fields
Spectral content of magnetic variation is estimated, for
desired lengths of time windows, after which, spectra are
smoothed, stacked over several time windows, and signif-
icant peaks in frequency bands are estimated. To compute
these spectra from magnetic variations at a single site, cer-
tain assumptions are made about both the external sources
and the underlying conductivity distribution (Egbert,
2002). The external variations are generated over large-
scale lengths relative to the area of the study and the
incident magnetic fields are assumed to be a plane wave.
For very large arrays, some modifications to the analysis
are required since this assumption may not be valid. Since
a large volume of data is collected, where the properties
of external variations may be nonstationary, a careful
selection of data intervals of suitable characteristics,
conforming to the assumptions above, is made. Several
techniques to eliminate effects of nonuniform, time-
varying characteristics of inducing fields have also been
evolved (Egbert, 2002). Further, this spectral analysis pro-
vides insights into the character of external variations and
their measurement over large spatial extent on Earth.
Spectral estimates are also examined to eliminate sources
of nonuniformity and man-made noise.

The geometry, intensity, and period of induced anoma-
lous variations depend both on the source and on the dis-
tribution of electrically conducting materials within the
Earth. Inducing external magnetic variations cover a wide
spectrum from minutes to days, thus creating induced
responses over a wide spectral range. The longer period
responses derive from deeper penetration of induced cur-
rents within the crust/mantle. The spectral content of mag-
netic variations is therefore a useful natural tool to probe
the earth’s interior.

Computation of transfer functions
For magnetovariation studies, lateral gradients of the mag-
netic fields are used to obtain estimates of electrical con-
ductivity contrasts in the subsurface. The induced,
anomalous field is generated by telluric currents flowing
in non-one-dimensional conductivity structures (2D/3D)
and, thus, entirely of internal origin. This anomalous field
is not uniform and affects both the horizontal and the ver-
tical components – evident as spatial gradients, and may
be subjected to noise from man-made sources. Transfer
functions, usually estimated by least squares, indicate the
relation between inducing and induced variations at
a single site, multiple sites, and for signals not recorded
simultaneously (hypothetical event analysis). Improved
methods of determining transfer functions using robust
statistical approaches that incorporate the actual properties
of the data, rather than ideal distributions, have refined
estimation of transfer functions, improving their reliabil-
ity. Simultaneous observations also provide information
on the spectral space of the data, in each array study, and
indicate whether new or modified interpretation parame-
ters are to be evolved for a particular study. Fitting these
with a formal inversion procedure, along with more tradi-
tional single site parameters such as MT impedances and
vertical field TFs, can enhance resolution of some features
(Simpson and Bahr, 2005).

Modeling to obtain induced magnetic variations
from the conductivity distribution: Interpret in terms
of geology and structure
Magnetovariation studies primarily delineate contrasts in
electrical conductivity in the subsurface. The depth and
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conductivity are poorly resolved. Therefore this method is
widely used as preliminary investigation of large- and
small-scale anomalies, which may later be intensively
investigated using more precise electromagnetic methods
(e.g., Magnetotellurics). The conductivity anomalies inves-
tigated using magnetovariation often extend over thou-
sands of kilometers across continents, correlate tectonic
signatures to deeper crust/mantle properties, and link events
of the vast geologic timescale. Many examples of continen-
tal-scale structures, as well as sharply defined shallow
crustal anomalies that are directly related to tectonic
events (faulting, seismicity) are discussed in good reviews
(see Earth’s Structure, Continenal Crust; Electrical Resis-
tivity Surveys and Data Interpretation; Magnetotelluric
Data Processing; Magnetotelluric Interpretation; Electri-
cal Properties of Rocks) (Gough, 1989). The principles of
electromagnetic induction have also been applied to satel-
lite data of denser spatial coverage. Here, the forward
response of conductivity distribution is directly modeled
and fitted to potential data. In this manner, induced contri-
butions to crustal magnetization of continents and ocean
crust have been estimated (Hemant and Maus, 2005).

Interpretation
Magnetometer array studies provide geometry of induced
currents, in the Earth’s subsurface. The interpretation is
not confined to any predetermined shape or single conduc-
tive feature, rather delineates broadly any lateral inhomoge-
neities in the upper 1,000 km of the Earth’s crust/mantle.
The conductivities are poorly constrained in this method
and need to be verified using other methods (e.g., MT).

The significance of these electrical conductivity con-
trasts are threefold:

1. Indicate change in composition within depth of pene-
tration, more graphite/conducting minerals

2. Changes in temperature, at appropriate depth
3. Indicates accumulation of fluids, interstitial or within

the metamorphic mineral structures (Jones, 1992).

The above conditions and geometry of the conductivity
anomaly are evaluated or eliminated, for the region under
study. The significance of any or either of these conditions
can impact the tectonics and evolutionary history of the
region. The complementary nature of conductivity anom-
alies and other geophysical studies were established in the
course of several Geotransects over 	1,000 km continen-
tal-scale studies. The role of fluids in the crust has been
a major contribution of these studies (see Earth’s Structure,
Continental Crust; Heat Flow, Continental; Seismic Veloc-
ity-Temperature Relationships; Isostasy, Thermal; Electri-
cal Properties of Rocks; Differential Rotation of the
Earth’s Inner Core; Lithosphere, Continental: Thermal
Structure).

Summary
At the Earth’s surface, magnetometers measure the com-
posite of external (from the external source currents) and
internal (from the induced currents) field components.
The observed magnetic field can be considered as the
sum of a normal plus an anomalous induced field. Induced
currents in the finitely conducting earth manifest as
gradients in magnetic variations over spatial scales of
	10–1,000 km.

The interpretation of electrical conductivity anomalies
in the crust, provide additional insights into the nature
of the Earth’s crust. In the upper crust (<15 km), most
conductivity anomalies were correlated with deeper exten-
sions of tectonic elements (faults, sutures) and composi-
tional changes. Simultaneously, the phenomenon of
seismic reflectors within the lower crust were found and
combined with this, the significant role of fluids in the
lower crust/upper mantle came to be recognized. A num-
ber of Geotransects across continents were carried out
in the 1990s and the complexities of evolutionary his-
tory on the lower crust were revealed. The relationship
between electrical conductivity, high heat flow, seismic
parameters, and tectonic history were formulated (Jones,
1992). Induction studies and later magnetotelluric sound-
ings have contributed to an understanding of processes
in the Earth’s crust and upper mantle. This was also
possible because of the refinements in instrumentation,
data processing, and computational approaches in
magnetovariation studies.
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Synonyms
Mantle circulation; Mantle dynamics

Definition
Mantle convection. Thermal convection in the terrestrial
planetary mantles, the rocky layer between crust and core,
in which hot material rises, cold material sinks, and the
induced flow governs plate tectonic and volcanic activity,
as well as chemical segregation and cooling of the entire
planet.

Mantle convection
Introduction and history
All planetary bodies retain some heat from their early for-
mation but are inexorably cooling to space. Planetary sur-
faces are therefore cold relative to their hotter interiors,
and thus undergo thermal convection wherein cold mate-
rial is dense and sinks while hot material is light and rises
(liquid water near freezing being one of the rare excep-
tions to this process). Planetary atmospheres, oceans,
rocky mantles, and metallic liquid cores convect and are
subject to unique patterns of circulation in each domain.
Silicate mantles however tend to be the most massive
and sluggish part of terrestrial planets and therefore gov-
ern how planetary interiors evolve and cool to space
(See Figure 1).

The theory of mantle convection was originally devel-
oped to understand the thermal history of the Earth and
to provide a driving mechanism for Alfred Wegener’s the-
ory of Continental Drift in the 1930s (see Bercovici, 2007;
Schubert et al., 2001). Interest in mantle convection
waned for decades as Wegener’s theory was criticized
and apparently discredited. However, the accumulation
of sea-floor sounding data duringWarWorld II and refine-
ment of paleomagnetic techniques paved the way for the
discovery of sea-floor spreading (Hess, 1962; Vine and
Matthews, 1963) and the birth of the grand unifying the-
ory of plate tectonics in the 1960s; this consequently
revived interest in mantle convection as the driving
mechanism for plate motions (Runcorn, 1962a, b) as well
as non-plate-tectonic volcanism such as the possible
Hawaiian plume (Morgan, 1971). The success of mantle
convection theory in explaining plate velocities, sea-floor
subsidence, volcanism, gravity anomalies, etc., led to its
further application to other terrestrial planets such as
Venus and Mars, which also sustained unique forms of
mantle convection, evident from volcanic activity.

Basics of thermal or free convection
Rayleigh–Bénard convection
The simplest form of thermal convection is referred to as
Bénard convection named after the French experimentalist
Henri Bénard who in 1900 performed the first systematic
experiments on convection in thin layers of oil (sperma-
ceti) and recognized both the onset of convection from
a static conductive state and the regular patterns formed
in a convecting layer (Bénard, 1900, 1901). Fifteen years
later, the British theoretical physicist and mathematician
Lord Rayleigh (William John Strutt), attempted to explain
Bénard’s results for the onset of convection (Strutt, 1916)
– the delay in communication between them being caused
by World War I. However, the mismatch between theory
and experiment was profound, and not resolved until the
late 1950s (Pearson, 1958) when it was inferred that
Bénard’s experiments were strongly influenced by surface
tension or Marangoni effects not included in Rayleigh’s
theory (although Bénard himself was aware of these
effects). Because Rayleigh’s work provided the frame-
work for nearly all thermal convection theory to follow,
the simple Bénard convective system is also referred to
as Rayleigh–Bénard convection.

Although Bénard’s experiments were in a metal cavity,
Rayleigh–Bénard convection actually refers to Rayleigh’s
idealized model of a thin fluid layer infinite in all horizon-
tal directions such that the only intrinsic length scale in the
system is the layer thickness. The Rayleigh–Bénard sys-
tem is heated uniformly on the bottom by a heat reservoir
held at a fixed temperature (i.e., the bottom boundary is
everywhere isothermal) and the top is likewise held at
a fixed colder temperature by another reservoir (see
Figure 2). If the layer were not fluid, heat would flow from
the hot boundary to the cold one by thermal conduction.
But since the fluid near the hotter base is (typically) less
dense than the fluid near the colder surface, the layer is
gravitationally unstable, that is, less-dense material under-
lies more-dense material. To release gravitationally poten-
tial energy and go to a minimum energy state, the layer is
induced to turn over.

Convective onset and the Rayleigh number
While the fluid in a Rayleigh–Bénard layer might be grav-
itationally unstable, it is not necessarily convectively
unstable. Convective overturn of the layer is forced by
heating but resisted or damped in two unique ways.
Clearly, the thermal buoyancy (proportional to density
contrast times gravity) of a hot fluid parcel rising from
the bottom surface through colder surroundings acts to



Mantle Convection, Figure 1 Graphic renditions of cut aways of Earth’s structure showing crust, mantle, and core (left), and of the
convecting mantle (right). The relevant dimensions are that the Earth’s average radius is 6,371 km; the depth of the base of the
oceanic crust is about 7 km and continental crust about 35 km; the base of the lithosphere varies from 0 km at mid-ocean ridges to
about 100 km near subduction zones; the base of the upper mantle is at 410 km depth; the transition zone sits between 410 and
660 km depths; the depth of the base of themantle (the core–mantle boundary) is 2,890 km; and the inner core–outer core boundary
is at a depth of 5,150 km. (Left frame adapted from Lamb and Sington (1998). Right frame, provenance unknown).
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Mantle Convection, Figure 2 Rayleigh–Bénard convection: initially conducting layer (top), and numerical simulation of convection
(bottom).
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drive convective overturn. However, viscous drag acts to
slow down this parcel, and thermal conduction, or diffu-
sion, acts to erase its hot anomaly (i.e., it loses heat to its
colder surroundings). Thus while the fluid layer might
be gravitationally unstable, hot parcels rising might move
too slowly against viscous drag before being erased by
thermal diffusion. Similar arguments can be made for cold
material sinking from the top surface through warmer sur-
roundings. The competition between forcing by thermal
buoyancy, and damping by viscosity and thermal diffu-
sion, is characterized in dimensionless ratio called the
Rayleigh number

Ra ¼ rgaDTd3

mk
(1)

where r is fluid density, g is gravity, a is thermal expansiv-
ity (units of K�1), DT is the difference in temperature
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between the bottom and top surfaces, d is the layer thick-
ness, m is fluid viscosity (units of Pa s), and k is fluid ther-
mal diffusivity (units of m2/s).

Even though DT > 0 (i.e., heating is from below and
causes gravitational instability), Ra still must exceed
a certain value, called the critical Rayleigh number Rac,
for convection to occur. For Ra < Rac the layer is stable
and transports heat by conduction; for Ra > Rac the layer
will be convectively unstable and transport heat more rap-
idly via convection. See Figure 3.

Although Rac varies depending on the mechanical
nature of the horizontal boundaries (whether rigid or
a free surface), it is typically of order 1,000. This value
is easily understood by considering the fate of a hot (or
cold) parcel of size a and temperature anomaly DT.
Dimensional analysis readily shows that the typical ascent
rate of the parcel is rgaDTa2/m (with units of m/s). How-
ever, the rate that heat diffuses out of the parcel is k/a
(smaller parcels lose heat faster). The critical state occurs
when these two rates are equal; that is, if the buoyant
ascent rate just exceeds the diffusion rate, the parcel
should rise without being erased, but if the ascent rate is
less than the diffusion rate it will not rise very far before
being lost. Therefore, the critical state occurs if
rgaDTa3/(mk)� 1. Scaling purely by orders of magnitude,
a small parcel of fluid can be assumed to be of an order ten
times smaller than the entire layer; thus assuming a� d/10
leads to a critical condition for the onset of convection of
rgaDTd3/(mk) � 1,000.
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Mantle Convection, Figure 3 The critical Rayleigh number Ra for t
thermal perturbation to a static conductive state. For a layer with i
boundaries, the relationship is Rac = (k2 + p2)3/k2 where k = 2p/l an
Rac curve are associated with the conductive layer being convective
is stable (perturbations decay). The minimum in the Rac curve occu
heating and Ra is increased, often called the most unstable mode.
For the Earth’s mantle, the typical average properties
from which the Rayleigh number is constructed are r �
4,000 kg/m3, g = 10 m/s2, a = 3 � 10�5 K�1, DT �
3,000 K, d = 2,900 km, m = 1022 Pa s (dominated by the
lower mantle), and k = 10�6 m2/s (see Schubert et al.,
2001). Taken together, these lead to a Rayleigh number
of approximately 107, which is well beyond super-critical;
although the mantle viscosity is extremely high, the man-
tle is also very hot and very large, and hence convecting
vigorously.
Thermal boundary layers and the Nusselt number
For a Rayleigh number Ra above the critical value Rac,
convective circulation will mix the fluid layer, and the
mixing and homogenization of the fluid will become more
effective the more vigorous the convection, that is, as Ra
is further increased. With very large Ra and vigorous
mixing, most of the layer is largely uniform and isother-
mal. (In fact, if the layer is deep enough such that the pres-
sures are comparable to fluid incompressibility, the fluid
layer is not isothermal but adiabatic, wherein even without
any heating or cooling, the temperature would drop with
fluid expansion on ascent and increase with fluid compres-
sion on descent.) Most of the fluid in the Rayleigh–Bénard
system is at the mean temperature between the two bound-
ary temperatures. However, the temperature still must
drop from the well-mixed warm interior to the cold tem-
perature at the top, and to the hotter temperature at the
6 8 10 12
f perturbation (T fluctuation)

stable

min heating to induce convection

super−critical heating 

not enough heating

he onset of convection is a function of wavelength or size of the
sothermal and free-slip (shear-stress free) top and bottom
d l is wavelength (Chandrasekhar, 1961). Values of Ra above the
ly unstable (perturbations grow), while below the curve the layer
rs at the wavelength of the first perturbation to go unstable as
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bottom. The narrow regions accommodating these jumps
in temperature are called thermal boundary layers
(Figure 4).

Thermal boundary layers are of great importance in
thermal (and mantle) convection for two reasons. First,
most of the buoyancy of the system is bound up in thermal
boundary layers since these are where most of the cold
material at the top and hot material at the bottom reside
and fromwhere hot and cold thermals or currents emanate.
Moreover, with regard to convection in the mantle itself,
the top cold thermal boundary layer is typically associated
with the Earth’s lithosphere – the 100 km or so thick layer
of cold and stiffer mantle rock that is nominally cut up into
tectonic plates.

Second, since fluid in these boundary layers is near
a horizontal boundary, most of the fluid motion is horizon-
tal and thus heat is only transported vertically across these
thin layers by conduction; but since the layers are very
thin, such conductive transport is rapid. Indeed, the entire
cycle of heat transport occurs by heat conducted in rapidly
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Mantle Convection, Figure 4 Sketch of temperature profiles, show
temperature into a nearly isothermal state (if the fluid is incompres
surface and hot base (top frame). With no internal heating the inter
temperatures; the effect of adding internal heating (bottom frames)
relative size and temperature drop across the top and bottom ther
through the bottom boundary layer, after which hot fluid
in this layer will, in various spots, become unstable and
rise to form a convective upwelling that carries heat out
of the boundary layer rapidly across most of the fluid layer
and deposits it at the upper boundary, where the heat is
then transported out of the system by conduction across
the top boundary layer. The eventual heat flow (power out-
put per unit area) out of the well-mixed layer is
essentially kDT/d where k is thermal conductivity (units
of W K�1 m�1), DT/2 is the temperature drop from the
well-mixed interior to the surface and we define d/2 is
the thickness of the boundary layer. By comparison, the
thermal conduction across a static non-convecting layer
is kDT/d. The ratio of heat flow in the convectively well-
mixed layer to the purely conductive layer is thus d/d,
which is called the Nusselt number Nu (named after the
German engineer, Wilhelm Nusselt 1882–1957). The
relation between Nu and convective vigor parameterized
by Ra is important for understanding how convection
transports heat and cools off bodies including planets.
rature

convection 

conduction

temperature

ernal
ing

ing how convective mixing homogenizes the conductive mean
sible) with thermal boundary layers connecting it to the cold
ior mean temperature is the average of the top and bottom
is to increase the interior mean temperature and thus change the
mal boundary layers.



836 MANTLE CONVECTION
Convective heat transport is often written as Nu(kDT/d)
and in considering this relation Howard (1966) argued that
vigorous convective heat transport across the bulk of
the well-mixed fluid layer is so fast that it is not the rate
limiting factor in releasing heat (only conduction across
the thermal boundary layer is), and thus heat flow should
be independent of fluid depth d; this implies that since
Ra 	 d3, Nu 	 Ra1/3, which yields a convective heat
flow Nu(kDT/d) that is independent of d. In general, since
the fluid is conductive for Ra � Rac, one often writes that
Nu = (Ra/Rac)

1/3 (although Nu = 1 for Ra< Rac), which is
a reasonably accurate relationship borne out by simple
experiments and computer modeling. This relationship
also implies that the ratio of thermal boundary width to
fluid layer depth is d/d 	 Ra�1/3, which shows that the
boundary layers become increasingly thin as convective
mixing of the layer becomes more vigorous.

The relation of d 	 Ra�1/3 applies to the horizontally
averaged boundary layer thickness. However, boundary
layers change with time or distance from their first forma-
tion, for example, where an upwelling impinges on the top
boundary. As the fluid in the boundary layer moves from
an upwelling to a downwelling it cools and the boundary
layer thickens as more material cools next to the cold sur-
face. The thickening depends on the thermal diffusivity k
(with units of m2/s) and the residence time or age t near the
cold boundary (i.e., time since leaving the upwelling).
Simple dimensional considerations show that the bound-
ary layer thickness goes as

ffiffiffiffiffi
kt

p
; this corresponds to the

well-known
ffiffiffiffiffiffiffi
age

p
law for subsidence of ocean sea floor

with age since formation at mid-ocean ridges, implying
that sea floor gets deeper because of the cooling and thick-
ening lithosphere.
Patterns of convection, structure of upwellings and
downwellings: plumes and slabs
When convection occurs, upwellings and downwellings
will be separated horizontally by some optimal distance.
If they are too close to each other, they can induce too
much viscous drag on each other and/or lose heat rapidly
to each other; if they are too far apart, they must roll too
much mass between them. The separation distance is also
determined by heat transport in the thermal boundary layer
between upwellings and downwelling. When hot upwell-
ing fluid reaches the surface, it spreads laterally into the
thermal boundary layer. As it travels horizontally, it cools
to the surface and eventually gets cold and sinks into the
downwelling; thus the upwelling-downwelling separation
is also determined by the distance it takes for fluid to cool
off and become heavy enough to sink.

The upwelling-downwelling separation distance or
convection cell size is predicted by convective stability
theory to be approximately equal to the layer depth d
(a bit larger at the onset of convection but identically d
as Ra becomes very large); that is, the cell that is either
least stable and thus most likely to convect – or equiva-
lently the cell that optimizes gravitational potential energy
(and thus heat) release – is usually the cell that is as wide
as it is deep.

Viewing a convecting layer from above, the upwelling
and downwellings may be separated in various patterns,
such as 2-D rolls (sheets of upwelling rolling over into
sheets of downwelling, and each cell counter-rotating with
its neighboring cell). In the Rayleigh–Bénard layer, which
is infinite horizontally, no one location of the layer should
be different than any other one, and so ideally the pattern
should be a regular repeating tile; as there are only so
many polygons that can form a repeating tile, the patterns
usually involve convection cells in the shapes of rolls
(already mentioned), squares, hexagons, and triangles
(Figure 5). Of course nonideality and irregularities can
occur due to tiny imperfections, for example, in the
boundaries, leading to irregular patterns.

In many instances, in the 3-D pattern of convection,
especially in fluids where hot fluid is less viscous than
cold fluid (as is true in many materials, including the man-
tle), the upwelling is in the form of a cylindrical plume at
the center of a canopy of sheet-like downwellings, much
like a fountain.

Plumes and slabs in the mantle: simple view
The common occurrence of sheet-like downwellings and
columnar upwellings in simple convection is crudely
applicable to mantle convection. Subducting slabs are
where tectonic plates sink into the mantle; these are anal-
ogous to the cold, sheet-like downwellings seen in 3-D
convection, althoughmuchmore complicated by rheology
as discussed below. Deep hot narrow upwelling plumes
are inferred to explain anomalous intraplate volcanism as
in Hawaii, as well as the fixity of these volcanic hotspots
relative to each other (which suggests deep anchoring in
the mantle). These mantle plumes are ostensibly analo-
gous to the pipe-like upwelling in simple 3-D convection,
but again more complicated by unique mantle properties.
(See Mantle Plumes entry by Farnetani and Hofmann.)

While mid-ocean ridges or spreading centers transport
material vertically to surface, they are very narrow fea-
tures and for the most part involve shallow upwelling
(inferred from their weak gravity anomalies that suggest
shallow isostatic compensation, that is, they are floating
on a shallow buoyant root). Ridges are likely best
explained as being pulled and rifted apart passively from
a distant force (ostensibly slabs) rather than involving
a deep convective upwelling that pries them open.

Energy sources for mantle convection and Earth’s
thermo-chemical history
Heatflow coming out of the Earth is measured by heat-
flow gauges (measuring conductivity of rocks first and
then thermal gradients in boreholes) both in continents
and oceans (see Turcotte and Schubert, 1982). The total
heat flowing out from beneath the Earth’s surface is
approximately 46 TW (46 trillion Watts) (Jaupart et al.,
2007), which is in fact not a large number given the sur-
face area of the Earth, and is actually tens of thousands



a b c

d e f

Mantle Convection, Figure 5 Patterns of convection from laboratory experiments in rectangular tank by White (1988) (left), and
numerical simulations in a spherical shell by Zhong et al. (2000) (right).
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of times smaller than the heat absorbed from the Sun. Nev-
ertheless, it represents the source of power driving dynam-
ics inside our planet, including mantle convection (and
hence tectonic, volcanological, and other geological activ-
ity) as well as core cooling and flow.

The source of the Earth’s internal heat is a combination
of primordial heat, that is, left over from accretion (gravi-
tational potential energy from formation and collisions),
and heat generated by unstable radioactive isotopes, espe-
cially the isotopes of uranium (238U), thorium (232Th),
and potassium (40K), although the 40K half-life is much
shorter than the others and so generated a large heat pulse
primarily in the early Earth. Because continental crust is
originally formed by partial melting and chemical segre-
gation of early mantle material (indeed the chemical sepa-
ration allows another energy source in the release of
gravitational potential energy, but other than early core
formation this is a relatively minor contribution), these
radioactive elements tend to be concentrated in crust
(i.e., melt more readily dissolves these elements than
does solid rock, so they partition toward the melt).
Thus the crust itself produces a significant fraction of
the net heat output through the surface; removing the
crustal component leaves approximately 31TWemanating
from the mantle and core (Jaupart et al., 2007; Schubert
et al., 2001).

The relative contributions of primordial cooling and
radiogenic heating to the mantle (and core) heat output
remains an active area of debate even today and leads to
various quandaries. The most direct estimate of the con-
centration of radiogenic sources (U, Th, K) is by looking
at the concentration in chondritic meteorites, which come
from the solar systems’ main asteroid belt, and because
they have been largely unaltered for 4.5 Gyr (i.e.,
unmelted), they are thought to be the same as the original
building blocks of the terrestrial planets. The chondritic
concentrations of U, Th, and Kwould allow for radiogenic
heating to contribute 50% or less of the total heat output
(Korenaga, 2008); this is often called the Urey ratio, that
is, the radiogenic heat output to the total output. With
radiogenic heating this small, the only way the mantle
could be as hot as it is today –while also transporting heat
as it does presently – is if it were very hot and nearly mol-
ten in the geologically recent past (a few hundred million
years); this is geologically untenable since petrological
and geochemical analysis demonstrate the presence of
solid rock and even liquid water in the early Earth (see
Halliday, 2001), which therefore ceased to be molten not
long after its formation 4.5 billion years ago. This paradox
has led some researchers to assume that the radiogenic
sources are super-chondritic, that is, to allow heat to be
produced continuously throughout the past rather than
by rapid cooling from a molten state. Alternatively,
researchers have sought ways to keep chondritic concen-
trations of U, Th, and K by arguing that heat transport in
the past was different than it is today; for example, higher
temperatures in the past might have allowed for more
melting and thus more buoyant crust and/or stronger
dehydrated lithosphere that kept the top part of the
convecting mantle sluggish or immobile, hence bottling
up primordial heat for much later release (Korenaga,
2008).

Finally, the release of both radiogenic and primordial
heat, again termed collectively “internal heating” (i.e.,
heat coming from the bulk of the fluid) means that the ide-
alized Rayleigh–Bénard model of convection, where
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heating is only along the base, is inaccurate. The effect of
internal heating in addition to “basal heating” is relatively
straightforward to understand. While in the Rayleigh–
Bénard model the temperature of the well-mixed interior
is at the average of the two boundary temperatures, the
addition of internal heating acts to heat up the well-mixed
interior to a higher mean temperature. This puts the inte-
rior temperature closer to the hot bottom temperature,
but further from the cold top temperature; the effect is to
create a larger temperature drop across the top thermal
boundary layer than across the bottom one; in essence,
the top boundary layer must conduct out heat injected
through the bottom plus heat generated or released from
the interior (Figure 4). These very different boundary
layers tend to cause more negatively buoyant and stronger
downwelling currents and smaller and weaker upwelling
currents; this effect seems to be borne out in the Earth by
the presence of many large cold slabs driving plate tec-
tonic motion with large thermal anomalies (of order 500
K) relative to fewer upwelling plumes with weaker (200
K) thermal anomalies (although this is still somewhat
a matter of debate).
Effects of mantle properties
Mantle rheology
The entire mantle of the Earth is potentially a convecting
and overturning fluid. However, the mantle is almost
entirely solid (with some small portions of melting near
the surface delineated by volcanism, and possibly much
smaller areas of melting at depth) and thus flows
extremely slowly. (Indeed, the term fluid does not suggest
a liquid state but refers to how a medium deforms, as
opposed to elastic or brittle deformation; these do not nec-
essarily correlate with states of matter, that is, gas, liquid,
solid, each of which can display, e.g., either fluid flow or
elastic behavior depending on the nature of the deforma-
tion; e.g., atmospheric sound waves are elastic behavior
in gas.)

The solid-state viscous flow of the mantle is a complex
process and there are various mechanisms that permit such
“irrecoverable” deformation (one of the definitions of vis-
cous flow). A survey of mantle deformation mechanisms
or “rheology” is beyond the scope of this entry (see
Karato, 2008; Ranalli, 1995). However, in brief, the two
primary deformation mechanisms are called diffusion
and dislocation creep. In any solid-state creep mechanism,
mobility depends on the statistical-mechanical probability
of a molecule in a crystal lattice leaving the potential well
of its lattice site; the potential well itself is defined by elec-
trostatic or chemical bonds inhibiting escape, and Pauli-
exclusion pressure preventing molecules squeezing too
closely to each other. Thus mobility depends on the
Boltzmann distribution measuring the probability of hav-
ing sufficient energy to overcome the lattice potential well
barrier, which is often called the activation energy (or
allowing instead for pressure variations the activation
enthalpy). This probability depends on the (Arrhenius)
factor e�E
a
/RT where Ea is the activation energy (J/mol),

R is the gas constant (J/K/mol) and T is temperature; RT
represents the thermal excitation energy of the molecule
in the well. As T goes to infinity, the probability of escap-
ing the well goes to 1, while as T goes to 0, the probability
of escape goes to 0.

Stress imposed on the medium effectively changes the
shape of the potential well, such that compressive stress
steepens the walls of the well (squeezing molecules closer
makes coulomb attraction in the chemical bonds stronger)
while tension lowers the walls (separating molecules
weakens the bonds); thus the probability of escape is pre-
ferred in the direction of tension and away from compres-
sion, thereby allowing the medium to stretch in the tensile
direction by solid-state diffusion of molecules.

Simple diffusive creep works much in this way
whereby differential stress (i.e., nonuniform stress) causes
slow diffusion of molecules to allow the entire substance
to deform accordingly. However, such deformation occurs
at the grain or mineral level inside a rock, with either dif-
fusion through the grains or along the grain boundaries;
thus the response depends significantly on grain size.

Dislocation creep is more complicated. A dislocation
can be in the form of a truncated row of molecules in
a crystal lattice; shortening of the crystal under compres-
sion perpendicular to the row can be accomplished by
simply removing that row. Thus differential compressive
stress would act to force molecules to diffuse out of that
dislocated row into other parts of the lattice. However,
stress not only governs the preferential diffusion of mole-
cules (as in diffusion creep) but also the geometry of the
dislocations (their spacing and directions), hence the mul-
tiple actions of stress are compounded into a nonlinear
response.

The viscosities for diffusion and dislocation creep
mechanisms can be written as

m ¼ Bame
Ea
RT for diffusion creep

As1�ne
E0a
RT for dislocation creep

(
(2)

where A and B are proportionality constants, a is grain
size, s is stress (in fact since stress is a tensor s is the scalar
second invariant of the stress tensor), and m and n are
exponents, typically both equal to 3 (with variations
depending on exact deformation mechanisms; see Karato,
2008). It should be emphasized that diffusion and disloca-
tion creep occur independently of each other depending on
stress and grain size: for high stress and large grains dislo-
cation creep dominates; for low stress and small grains dif-
fusion creep dominates.

Dislocation creep allows for moderate softening as
stress increases; diffusion creep potentially allows for sig-
nificant softening if stress can reduce grain size, although
mechanisms to allow this are still controversial (see sec-
tion below on generating plates), and significant harden-
ing via grain growth by standard coarsening of the
material (i.e., what happens to all grained materials under
the action of grain-surface energy reduction).
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The strongest rheological effect is clearly that of tem-
perature; the temperature dependence of viscosity allows
for many orders of magnitude variations in viscosity. For
example, while this rheological effect allows subducting
slabs to keep their strength and integrity to great depths
as they sink, it would make hot upwelling mantle plumes
more fluid and, if they have a conduit structure, the plume
flow would be relatively rapid, of order 100 cm/year or
more. However, this effect is most profound in the cold
top thermal boundary layer or lithosphere. If viscosity is
strongly temperature dependent, as it is in Earth, the litho-
sphere can become so stiff that it becomes immobile; in
this case, convection in the mantle would proceed beneath
the lithosphere, which in turn would act like a rigid lid
to the mantle (Solomatov, 1995). If mantle rheology
obeyed only diffusion or dislocation creep laws, then the
lithosphere should be locked and immobile, and there
should be no plate tectonics. While this scenario might
be relevant for Venus and Mars (and Moon and Mercury)
which have no plate tectonics, obviously it is missing
a vital ingredient to allow plate tectonics on Earth. This
paradox underlies the fundamental question and mystery
about why Earth has plate tectonics at all and how it is gen-
erated on our planet but not others in our solar system
(Bercovici, 2003).

Compressibility, melting, and solid phase changes
Pressures deep inside the Earth’s mantle are so large
they are sizable fractions of rock incompressibility or
bulk modulus (e.g., mantle pressures reach 140 GPa, or
1.4 million atmospheres, while bulk modulus – which
has the same units as pressure – are typically a few to sev-
eral 100 GPa). As downwelling mantle material travels
from near the surface to the base of the mantle its density
and temperature increase due to compression, called “adi-
abatic compression and heating” (and likewise upwelling
material undergoes “adiabatic decompression and
cooling”), although these increases are not large (of the
order of several degree Celsius). The compression and
decompression of circulating material establishes a weak
adiabatic temperature and density increase with depth,
which has a slight stabilizing effect on convection; how-
ever, because the mantle is so viscous, the thermal anom-
alies needed to get it to move – and in particular the
temperature variations across the thermal boundary
layers – are so large (of order several 100–1,000
C) that
the adiabatic variations are small in comparison.

Where compressibility and pressure play a dual impor-
tant role is in phase changes. First, as hot upwelling mantle
material approaches the surface, it actually travels along a
gradually cooling adiabatic temperature profile. The
upwelling does eventually melt when it gets near the sur-
face but not because it gets hotter. Melting occurs because
themelting temperature Tm drops with decreasing pressure
faster than the upwelling adiabat (in essence, decreasing
confining pressure makes it easier for molecules to mobi-
lize into a melt); thus at a certain (usually shallow depth of
a few tens of kilometers to 100 km) the upwelling mantle
crosses the melting temperature from solid to liquid phase
and undergoes melting; however, the mantle is not a single
pure substance so in fact only partially melts. Such “pres-
sure-release” melting is a shallow process but is vital for
chemical segregation of the mantle and development of
oceanic and continental crust. In particular, melting is
sequential in that the most easily melted material (usually
more silica-rich material with lower melting temperature)
melts first, freezes last, and is typically chemically less
dense, and thus comes to the surface as lighter crust even-
tually gathers, after more weathering and reactions
into continental crust. (Continental crustal rocks like
sandstone and granite have typical densities of 2,300 and
2,700 kg/m3, respectively.) The more refractory (harder
to melt, silica poor, and heavier) material melts last,
freezes first, and either stays in the mantle or lithosphere
or sits in the heavy basaltic oceanic crust. (Oceanic crustal
rocks like basalt have densities of 3,000 kg/m3, while
mantle peridotites at near-surface pressure have densities
of around 3,400 kg/m3.)

Extreme pressures with depth can also overcome
a mineral’s elastic resistance to compression and cause
solid–solid phase changes where the minerals change
their crystallographic structure to a more compact and
incompressible state (but of course their chemistry
remains the same). Such mineralogical phase changes
have been observed in laboratory experiments in olivine,
which is the major component mineral of the upper
mantle (at about 60% by weight, the remainder being
mostly pyroxene at shallow depths, and garnet at slightly
greater depth); moreover, the pressures at which they are
predicted to occur have been verified seismologically,
wherein the seismic wave speeds and density undergo
a jump at the predicted pressures. The first major phase
change to occur with depth is from olivine to the same
material with a wadsleyite structure, at 410 km depth.
Wadsleyite changes slightly to a similar ringwoodite
structure at 510 km depth. The largest phase change
occurs from ringwoodite to perovskite/magnesiowüstite
at 660 km depth.

The 410 and 660 km phase changes are the two most
remarkable and global phase changes in the mantle, and
the region between them is called the transition zone,
since it is where most of the mineralogical transitions
occur, over a relatively narrow region. The mantle above
the transition zone is typically identified as the Upper
Mantle, although in some papers and books Upper Mantle
includes the transition zone. Below the transition zone is
the Lower Mantle and that is universally agreed upon in
the literature.

The transition zone has anomalous properties due to
mixing and transitions in mineral organization; for exam-
ple, it is thought to be able to absorb an order of magnitude
more water (per kg) than the mantle both above and below
it (although this issue is still somewhat controversial).

Other phase changes are thought to occur with depth,
although these are less well resolved, and in some
instances do not appear to be global. Recently, a new
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phase change has been inferred in the lowest part of the
mantle (the bottom few hundred kilometers), called the
perovskite-post-perovskite (or just the post-perovskite)
transition (Murakami et al., 2004). This transition is still
an active area of exploration.

The effect of phase transitions on mantle convection
has been an active area of research since the 1960s. The
discovery of the major phase change at 660 km depth coin-
cided with the fact that deep earthquakes along subducting
slabs (the Wadati–Benioff Zone) go no deeper than
700 km. This seemed to imply that subducting slabs, the
mantle’s equivalent of cold convective downwellings (see
below), did not extend into the lower mantle. Recent seis-
mological studies using tomographic techniques to resolve
ostensibly “cold” and “hot” areas of the mantle (really seis-
mically fast and slow regions), implied that many slabs
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Whether the density jump due to a phase change could
impede vertical flow has been a key question in studying
the interaction of phase changes and convection.
In particular, the 660 km phase change was inferred min-
eralogically to be “endothermic” whereby the entropy of
the deeper heavier phase (below 660 km) increases, or
more simply latent heat is absorbed on going down
through the boundary into the denser more compact phase
(while unusual in most systems, this is also true of the
solid–liquid transition in water). This also means that
the dependence of the transition temperature on pressure
has a negative slope; thus cold material impinging on
the phase boundary causes the phase change to deflect
in the cold region to greater pressures; this induces
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a depression in the boundary that acts to buoyantly
rebound upward and oppose the motion of the descending
cold material. Thus the endothermic boundary at 660 km
depth possibly impedes flow across that boundary. (How-
ever, the actual 660 km phase is complex and at higher
temperatures might become exothermic; Weidner and
Wang (1998).) Computational studies and simulations of
mantle flow across this boundary demonstrated that
downwellings (i.e., slabs) can indeed be impeded and
stalled as they impinge on this boundary, but not perma-
nently or globally; that is, while some are pooling at the
boundary others have gathered up enough “weight” to
push through the boundary (Christensen, 1995; Tackley
et al., 1993). This picture appears to be in keeping with
the picture from seismology that while the phase boundary
impedes slab and downwelling flow into the mantle, it is
not an impermeable boundary and there is in the end sig-
nificant exchange between the upper and lower mantle
and hence whole mantle convection.

However, while the mineralogical, seismological, and
geodynamical (fluid mechanical) arguments imply that
there is flow between upper and lower mantles, there are
numerous data from geochemical analysis of basaltic
lavas implying that the mantle is not well stirred on
a large scale, that is, it is possibly layeredwith poor or non-
existent communication between upper and lower mantle.
Structure of mantle convection and mantle mixing
Upwelling mantle reaching the Earth’s surface undergoes
melting (see above under pressure-release melting) and
this melt reaches the surface in two types of volcanic set-
tings: mid-ocean ridges where tectonic plates spread apart
and draw mantle up into the opening gap, and ocean-
islands or hotspots which are anomalously productive
and localized volcanic features not necessarily associated
with tectonic activity, Hawaii being the most conspicuous
such feature. Melts coming from the mantle in this way are
silica poor (relative to more silicic rocks such as granite)
and largely basaltic; hence these volcanic regions are said
to produce mid-ocean ridge basalts (MORB) and ocean-
island basalts (OIB), respectively. These melts are in effect
messengers from the mantle, and their petrological com-
position, bulk chemistry, and trace-element chemistry
are extensive areas of research (Hofmann, 1997, 2003;
Tackley 2007; van Keken et al., 2002). In the end, while
these two basalts nominally come from the same mantle,
they have distinct features suggesting they come from
parts of the mantle that have been isolated from each other
for billions of years. That seismology, mineral physics,
and fluid dynamics (geodynamics) argue for a largely
well-stirred mantle with whole-layer circulation creates
a dichotomy between geophysical and geochemical obser-
vations. This paradox has been one of themost fervent areas
of debate in mantle dynamics for the last 30–40 years.

Because MORB and OIB are both basalts and thus
have similar bulk chemistry, geochemical measurements
largely focus on trace elements, in particular incompatible
elements, which dissolve more readily in a rock’s melt
phase than its solid phase; hence during partial melting
incompatible elements partition toward the melt. Indeed,
the trace-element signature of elements such as uranium,
thorium, helium, have demonstrated that MORB and
OIB are very distinct. In particular, MORBs appear to be
significantly depleted in such trace elements relative to
OIB. Since such elements tend to be removed by melting,
it implies that MORBs come from a region of the mantle
that has already been melted and depleted of trace ele-
ments, while OIB come from a region of the mantle that
has undergone little previous melting and depletion. This
observation implies that MORBs come from an upper
mantle that has been cycled repeatedly through the plate
tectonic process of mid-ocean ridge melting and separa-
tion of crust (and trace elements) from mantle, in essence
cleaning the MORB source. In contrast, OIB would
appear to come from a part of the mantle that has seen little
of this melt processing, and hence would be isolated pre-
sumably at depth from the upper mantle and plate-tectonic
circulation.

There are other geochemical observations that argue for
separated and isolated regions or reservoirs in the mantle.
For example the concentration of radioactive daughter iso-
topes (e.g., 206Pb, which is the final product of the decay
of 238U) relative to the abundance of that element’s domi-
nant and primordial isotope (e.g., 204Pb) is a metric for res-
ervoir isolation from surface processing. In particular, the
relative accumulation of daughter products implies that
the rock in which they reside has seen little processing or
partial melting that would have cleaned out these elements
after they formed. A small relative abundance of daughter
isotopes means the sample has been recently processed
and cleaned, and thus little time has passed in which to
produce new daughter isotopes.

Indeed, many OIBs tend to show distinctly greater rel-
ative abundance of daughter products (e.g., the concentra-
tion ratio 206Pb/204Pb) than do MORB for many isotopic
ratios, implying some isolation of the OIB source. How-
ever, OIBs from various islands are also fairly different
from each other suggesting that reservoirs isolated from
the upper mantle (the presumed MORB source) are possi-
bly also isolated from each other. Moreover, the OIB iso-
topic ratios have some variation, from low MORB-like
values to much higher values, which indicates that there
is some mixing of a “young” processed MORB-source-
like mantle and a more primitive, isolated one.

These isotopic ratios are also more easily interpreted for
refractory daughter products since they do not tend to
escape the system (also the reason they are used to radio-
metrically date rocks). Volatile products, especially iso-
topes of noble gases such as helium and argon, require
different interpretations since they can readily escape
the mantle and, for helium, escape the Earth. For example,
MORB in fact has a high daughter to primordial
isotope ratio, 4He/3He, relative to many OIBs, which is
opposite to the refractory ratios involving, for example,
lead isotopes. This is often interpreted as resulting from
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degassing and loss of primordial helium, 3He, from the
upper mantle through plate tectonic and mid-ocean ridge
processing, and the subsequent repopulating of helium
with its radiogenic isotope 4He (i.e., a-particles from most
large element decay sequences); in contrast an isolated
lower mantle or OIB source reservoir would have under-
gone little loss of primordial helium thus maintaining
a smaller isotopic ratio 4He/3He.

The production of the argon isotope 40Ar from the
decay of the potassium isotope 40K has two important
arguments relative to mantle layering. First, the total
amount of original 40K in the Earth can be roughly esti-
mated from chondritic abundances (and other arguments
beyond the scope of this entry). However, the amount of
40Ar it should have produced over the age of the Earth
is far in excess (by a factor of 2) of the 40Ar in the atmo-
sphere, implying that much of this argon is still buried
and isolated. Moreover, one can also estimate from the
trace element composition of MORBs themselves that
the MORB source region as it stands now would have
been lacking primordial 40K and even if the entire mantle
were composed of this MORB source region, it would not
have been able to produce even the atmospheric levels of
40Ar; this implies that the bulk of original 40K was buried
in a layer different and more enriched than the MORB-
source region, which then produced most of the 40Ar,
much of which is still buried in this layer.

An often quoted straw-man argument for mantle
layering is the heatflow paradox. In this case, it is reasoned
that if the entire mantle were composed of MORB source
material with its depleted concentration of heat-producing
elements (U, Th, K), then it would not be able to produce
the total heat output through the top of the mantle (about
30TW). This suggests that the heat-producing elements
allowing for the mantle heat output must be buried at
depth. However, this makes the assumption that most heat
output is from radiogenic heating, whereas possibly less
than half of it is; if most heat output is from secular cooling
(lost of primordial heat) then the heat-flow paradox argu-
ment is questionable. A similar but shakier argument is
based on the fact that the volcanic flux of the helium iso-
tope 4He, which is produced from heat producing radioac-
tive decay of U and Th, seems to be very low relative to
what would be expected given the heat that is emanating
from the mantle, implying that 4He is also buried at depth.
Again, if heat output is more than 50% from secular
cooling and not all from radiogenic heating, then the low
flux of helium is to be expected. Even if that were not
the case, mechanisms for the flux of helium are not the
same as for flux of heat; that is, heat always escapes to
space eventually by convection, conduction even radia-
tion, whereas helium only escapes from the mantle if it
passes through narrowmelting zones, which is not inevita-
ble, and thus it can be hidden and buried almost anywhere
and not only hidden at great depth.

Finally, the production of continental crust also argues
for an isolated layer in the mantle. Continental crust repre-
sents an accumulated history of mantle melting,
segregation of lighter components, and removal of incom-
patible elements to the surface. If the continental crust
were removed uniformly from a whole mantle made of
primordial “bulk silicate earth” (i.e., an earth derived from
chondritic material and only segregated into mantle and
core), then the concentration of incompatible elements
would not have been reduced enough to produce
a mantle made of MORB source material (i.e., removal
of continental crust would not have depleted the whole
mantle enough to make MORB source). However, if the
crust were removed from 1/3 to 1/2 of the mantle, that
resulting depleted portion would very closely match
MORB source composition. This argues that the continen-
tal crust segregated only from the upper portion of the
mantle, not the whole mantle, and thus there remains
a deeper unsegregated mantle at depth (see van Keken
et al., 2002).

Although there are numerous geochemical arguments
for a layered mantle with an isolated and undepleted man-
tle at depth, they largely conflict with geophysical evi-
dence for whole mantle convection. Mineral physics
experiments suggest that the 660 km phase change bound-
arymight provide an impediment to mantle flow but not an
impermeable barrier. Seismic tomography consistently
shows subducting slabs and apparently cold downwellings
extending into the lower mantle (Grand et al., 1997; van
der Hilst et al., 1997). Recent high-resolution images of
a hot upwelling mantle plume beneath Hawaii (Wolfe
et al., 2009) as well as seismic images of other plumes
(Montelli et al., 2004) also suggest vertical upward trans-
port across the 660 km boundary. Finally, geodynamical
arguments against separated layers suggest that if a lower
mantle heldmost of the mantle’s heat-producing elements,
it would be implausibly hot, and by heating up the bottom
of the upper mantle it would generate much bigger mantle
plumes than would be observed (Tackley, 2002).

The contradiction between geochemical and geophysi-
cal inference of layered versus whole mantle convection
has been and largely remains an unsolved problem.
Attempts to reconcile these observations have been
numerous. A reasonably popular approach has been to
allow that the 660 km boundary is not a barrier to mantle
flow, but that the barrier exists at greater depth. There
are seismically observable layers at the bottom of the
mantle (the D00 layer), which could store enriched
material, although these are also so thin they could possi-
bly overheat (depending on the amount of radioactive
heat sources stored there). As a compromise, it has
been argued that the enriched mantle exists in an approxi-
mately 1,000-km-thick layer at the base of the mantle
(Kellogg et al., 1999), although this layer has never been
seismologically observed (see Figure 7). More recently,
chemical heterogeneity gathered into piles on the core–
mantle boundary and below upwelling zones (Jellinek
and Manga, 2002, 2004) has been suggested by convec-
tion models (McNamara and Zhong, 2005) with support
from joint seismology-gravity analyses (e.g., Ishii and
Tromp, 1999).
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Other mechanisms for reconciling geochemical and
geophysical observations, but not invoking layering, have
been recently proposed as well, mostly involving differen-
tial melting. For example, one model considers the whole
mantle as a plum-pudding mix of enriched and volatile
(water)-rich plums in a depleted, drier, and harder-to-melt
pudding. The pressure-release melting in mantle plumes is
stopped at higher pressures at the base of 100 km thick
lithosphere, so this could involve mostly melting of easily
melted, enriched, and volatile-rich components; melts
making it all the way to the surface at ridges would
undergo more pressure drop and thus could also melt the
depleted mantle component, resulting in MORB that
seems depleted relative to OIB (Ito and Mahoney
2005a, b). Another model exploits the fact that transition
zone minerals seem to be able to absorb water more read-
ily than material above it (and below it). A transition zone
with a little water will be dry relative to its solubility or
water storage capacity. However, upwelling material pass-
ing through the transition zone would carry this slightly
damp material into the upper mantle at the 410 km bound-
ary, and since the upper mantle olivine has poor water sol-
ubility, it would be closer to saturation and likely melt.
A little melting at 410 km depth of the broad upwelling
mantle (forced upward by the downward flux of slabs)
passing through and out of the transition zone would cause
it to be stripped of incompatible elements as it flows into
the upper mantle leaving a depletedMORB source region;
because of the high pressures and high compressibility of
melt, the partial melt that has cleaned this upwelling man-
tle would be dense and remain behind, eventually to be
entrained by slab-driven downwelling back into the lower
mantle. Upwellingmantle plumes on the other handwould
go through the transition zone too fast to become hydrated
and thus would undergo little melting and filtering at 410
km depths, leaving largely enriched OIB. This model,
called the transition zone Water Filter (Bercovici and
Karato, 2003a; Karato et al., 2006; Leahy and Bercovici,
2010) (see Figure 7), predicts that the 410 km should be
the site of melting, and this has been borne out in various
seismological studies (e.g., Revenaugh and Sipkin, 1994;
Song et al., 2004; Tauzin et al., 2010); however, the theory
is still controversial given poor knowledge of melt proper-
ties and their solubilities of incompatible elements at these
depths and pressures, so it remains an active subject of
investigation.
Mantle convection and the generation of plate
tectonics
The oldest problem in mantle convection
The link between plate tectonics and mantle convection is
one of the oldest andmost challenging problems in the his-
tory of geodynamics. The original theories of mantle con-
vection put forward by Holmes (1931) were developed in
the context of explaining continental drift as articulated by
Wegener (1924). Although the later theory of plate tecton-
ics is considered the grand-unifying principle of geology, it
is a kinematic theory in that it describes surface motions
but not their cause. Mantle convection is widely accepted
to be the engine for plate motions since it is a fundamental
mechanism for exploiting the energy sources of the Earth’s
interior, that is, loss of primordial and radiogenic heat. It is
now generally regarded that the plates themselves are a fea-
ture of mantle convection in that they are the mobile upper
thermal boundary layer of convective cells that thicken as
they cool in their migration away from ridges until they
are heavy enough to sink along subduction zones.

One of the major accomplishments of mantle dynamics
theory is that convective fluid velocities, calculated in any
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number of ways, consistently predict the measured
scales of plate tectonic velocities, that is, between 1 and
10 cm/year. This was in fact inferred even in the 1930s
from both gravity and heat-flow measurements (Hales,
1936; Pekeris, 1935) and is well known by the force
balance on sinking slabs (e.g., Davies and Richards,
1992), as well global heat extraction from mid-mantle
cooling by slabs (Bercovici, 2003). Moreover, plate
motions are well correlated with the presence of slab forc-
ing, in particular that tectonic plates with a significant por-
tion of subduction all have velocities roughly an order of
magnitude faster than plates without substantial subduc-
tion zone (Forsyth and Uyeda, 1975); see Figure 6. Thus,
because cold sinking slabs seem to be the major expres-
sion of convection and major drivers of plate motions
implies that the plates are convection.

The plate generation problem
While convective and slab-driving forces for plate tecton-
ics are important, understanding how plates self-
consistently arise (or why they do or do not arise) from
planetary convection has been a major goal in
geodynamics. Up until the early 1990s it was believed that
since plate-like motion of the lithosphere was essentially
discontinuous, it could not be predicted or reproduced by
fluid dynamical convection theories. However, in the last
15 years or so there has been major progress with fluid
dynamical models yielding very plate-like motion by
incorporating more sophisticated rheological weakening
mechanisms, such as brittle/plastic yielding or damage
mechanics.

However, even so, there is still no comprehensive the-
ory of how the plates and mantle are related, and in partic-
ular how plate tectonics self-consistently arises from
a convecting mantle. Both a clue and frustration is that
the Earth appears to be the only known terrestrial planet
that has plate tectonics in addition to liquid water as well
as life, which are all either causative (i.e., necessary condi-
tions for each other) or coincidental. While our planet sup-
ports plate tectonics, our ostensible twin, Venus, does not;
this remains a leading-order quandary in Earth sciences
and to solve it one must understand how and why plate
tectonics is generated at all. Of course, geoscience has
until recently only sampled the few planets of our own
solar system and thus the data is sparse; with the advent
of extra-solar planet discovery, this sparseness should be
mitigated and perhaps other planets will be discovered
with plate-like mantle circulation from which we
will learn more about how our own planet works (e.g.,
Valencia et al., 2007).

There are of course various qualitative and philosophi-
cal questions about how and why plate tectonics forms,
evolves, and exists, but for these to be predicted or
reproduced in a physical theory, one requires quantifiable
questions. In short, what are the metrics of plate genera-
tion? Two fundamental features of plate-like motion exist
for instantaneous motions: plateness (Weinstein and
Olson, 1992) and toroidal motion (e.g., Bercovici et al.,
2000; Hager and O’Connell, 1979; O’Connell et al.,
1991). Plateness is essentially the extent to which surface
motion and the strength of the lithosphere is like that for
nearly rigid blocks separated by narrow weak boundaries.
Toroidal flow is characterized by strike-slip motion and
plate spin (Figure 8). Toroidal motion has no direct driving
force in buoyant convection (which drives only vertical
and divergent motion); however, it has as much energy
in the present-day plate tectonic velocity field as the buoy-
antly driven motion (called poloidal motion). The glob-
ally-averaged toroidal motion is dependent on the
lithosphere’s reference frame (e.g., hostpot frame), and
the field in general changes through time (Cadek and
Ricard, 1992; Lithgow-Bertelloni et al., 1993); however,
the toroidal field is a quantifiable and significant feature
of global plate motions. Such measurable quantities as
plateness and toroidal flow are important for testing the
predictions of plate generation theories. Both phenomena
rely on reasonably strong nonlinear rheological feedback
effects to permit large strength variations for high
plateness (i.e., rapidly deforming zones are weak, slowly
deforming ones are strong), as well as coupling of buoy-
antly driven flow to vertical torques that drive toroidal
spin and shear (Bercovici, 2003).

Recent progress
In the last decade, plate generation models have become
increasingly sophisticated, in concert with further expan-
sion and accessibility of high-performance computing.
Instantaneous plate-like behavior has been achieved with
convection models employing various forms of plastic
yield and self-weakening criteria. Incorporation of these
laws has led to the prediction of reasonable toroidal and
poloidal flow (Bercovici, 1995) (Figure 9) and by includ-
ing the rheological effects of melting at ridges have
attained localized passive spreading zones (Tackley,
2000) (Figure 10). Most recently, these models have been
extended to 3-D spherical models, creating the first global
models of plate generation from mantle convection (Foley
and Becker, 2009; van Heck and Tackley, 2008)
(Figure 11).

However, models that use plastic or instantaneous self-
weakening rheologies only allow weak zones to exist
while being deformed, thus cannot correctly model dor-
mant weak zones (e.g., sutures and inactive fracture
zones). Rheological mechanisms that allow weakening
to persist over time have also been studied. While thermal
weakening is a well-understood mechanism, thermal
anomalies diffuse too fast, and it is highly unlikely that,
for example, sutures are thermal remnants. Weakening
by hydration or as a secondary phase (i.e., by providing
pore pressure) is a strong candidate as well, although the
mechanism for ingesting water to depth is problematic,
and requires mechanisms such as cracking enhanced by
thermal stresses (Korenaga, 2007). Damage in the form
of microcracks (Bercovici, 1998) and grain-size reduction
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(e.g., Braun et al., 1999; Karato et al., 1980; Montési and
Hirth, 2003) are also strong candidate-weakening mecha-
nisms because of their longevity and evidence in the form
of mylonites (Jin et al., 1998). The need for shear-
localization at significant depth makes grain-size weaken-
ing particularly appealing and has proven to be successful
at creating plate-like mantle flows (Bercovici and Ricard,
2005; Landuyt and Bercovici, 2009b; Landuyt et al.,
2008) (Figure 12). However, grain-size reduction and
weakening tend to occur in exclusive areas of deformation
space (i.e., weakening occurs during diffusion creep while
reduction occurs in dislocation creep; see De Bresser et al.,
2001) and require mixing of mechanisms in physical or
grain-size distribution space (Bercovici and Karato,
2003b; Ricard and Bercovici, 2009).

Use of both plastic/brittle yielding and damage theories
of plate generation have been used to elucidate the plane-
tary dichotomy between Earth and Venus and the causal
link between climate, liquid water, and plate generation.
Earth and Venus are ostensible twins but Earth has plate
tectonics and Venus does not. This is usually attributed
to lack of water on Venus which would otherwise lubricate
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plate motions; however, Earth’s lithosphere is likely to be
no more hydrated than Venus’s because of melting dehy-
dration at ridges (Hirth and Kohlstedt, 1996). Recent stud-
ies have hypothesized that the role of water in maintaining
plate motion is not to lubricate plates, but to be an agent
for the carbon cycle, which thus allows for a temperate cli-
mate on Earth. A cool surface on Earth, according to one
hypothesis (Lenardic et al., 2008) causes a larger temper-
ature drop across the lithosphere than would occur on
Venus (because of temperature-dependent viscosity), and
thus lithospheric buoyant stresses are large enough on
Earth to induce plastic/brittle failure, but not on Venus.
An alternative hypothesis (Landuyt and Bercovici,
2009a) states that plate-like motion depends on the com-
petition between damage and healing (where, e.g., if dam-
age is due to grain-size reduction, healing is due to normal
grain growth), where a high damage-to-healing ratio pro-
motes plate-like motion, while a lower ratio yields stag-
nant-lid behavior. A cooler surface temperature inhibits
healing while a hot surface promotes healing, thus leading
to plate-like behavior on a planet like Earth with
a temperate climate but not on a planet like Venus. Both
hypotheses emphasize that water dictates conditions for
plate generation by its modulation of climate and not on
direct strength reduction.

Finally, subduction initiation continues to be an
extremely challenging issue in geodynamics (King,
2007; Stern, 2004). The strength of thick, cold pre-
subduction lithosphere is such that it should never go
unstable and sink, at least not on geological timescales
(or cosmological ones either). Thus, how andwhy subduc-
tion zones form remains enigmatic. Mechanisms range
from weakening by rifting (Kemp and Stevenson, 1996;
Schubert and Zhang, 1997), sediment loading and water
injection (Regenauer-Lieb et al., 2001), and reactivation
of preexisting fault-zones (Hall et al., 2003; Toth and
Gurnis, 1998), all of which have some observational moti-
vation, although fault reactivation might be the most com-
pelling (e.g., Lebrun et al., 2003). Another unresolved
enigma concerns the age of subduction zones. The con-
vective picture of plate motions would have plates subduct
when they get old, cold, and heavy. However, the sea-floor
age distribution implies that subduction rate is indepen-
dent of plate age, such that the age of plates at subduction



Mantle Convection, Figure 10 A simulation of plate generation over mantle convection. The plate rheology is visco-plastic and
the viscosity reduction associated with melting is parameterized into the model, leading to exceptional plate-like behavior and
apparent passive spreading (i.e., narrow spreading centers not associated with any deep upwelling). The right panels show surfaces of
constant temperature, which here are dominated by cold downwellings; the left panels show the viscosity field (red being high
viscosity and blue low viscosity). Different rows show different times in the simulation (After Tackley (2000). American Geophysical
Union).
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zones is distributed from age nearly 0 (i.e., subducting
ridges), to the oldest ages of roughly 200 Myr (see Becker
et al., 2009).

Summary
Mantle convection is the central theory for how the Earth
works, that is, what drives geological motions as well as
the cooling history and chemical evolution of the planet.
The theory is based on the simple notion that the Earth
(and other terrestrial planets) must cool to space and in
so doing release heat and gravitational potential energy
through thermal convection. Thermal convection theory
itself is a well-established physical theory rooted in classi-
cal mechanics and fluid dynamics. Much of the physics of
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basic convection goes far in describing circulation and
structure in the Earth’s mantle, for example, the flow
velocities, establishment of thermal boundary layers, and
even the prevalence of slab-like downwellings and
plume-like upwellings. However, numerous quandaries
and paradoxes persist because much remains to be under-
stood regarding the many complexities of the exotic
convecting “fluid” in the mantle. How the Earth appears
to be stirred by deep subducting slabs, but still appear to
be unmixed when it comes up at either mid-ocean ridges
or ocean-islands, remains a major mystery, much of which
is due to our incomplete understanding of the processes of
melting, chemical segregation, and mixing in the mantle.
How and why the Earth’s mantle convects in the form of
plate tectonics at all and unlike other terrestrial planets
remains one of the biggest questions in geoscience; this
problem is undoubtedly related to the mantle’s exotic rhe-
ology in which flow depends on multiple properties
including temperature, stress, chemistry, and mineral
grain size. Even more than 100 years since Kelvin’s con-
troversial dating of the Earth’s age by cooling, in fact the
cooling history of the Earth remains poorly understood
because of incomplete knowledge of radiogenic heat
sources as well as the complex physics of mantle flow.
Thus, while mantle convection remains one of the grand
unifying physical theories of how the Earth works, many
of the major questions and mysteries about the mantle
remain unsolved and are thus ripe for discovery by future
generations of Earth scientists.
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Definition and introduction
Earth’s lower mantle extends from the base of the transi-
tion zone (commonly assigned a depth of 660 km,
corresponding to the average depth of a global seismic
velocity discontinuity) to the core-mantle boundary
(CMB) at a depth of 	2,900 km below the surface. This
thick layer of rock comprised of silicate and oxide min-
erals has gradual increases with depth of P- and S-wave
seismic velocities and density that are generally consistent
with adiabatic self-compression of a uniform composition
material over most of the depth range (see Earth’s Struc-
ture, Lower Mantle). Large-scale lateral heterogeneities
in the seismic velocities of about �1% are apparent in
the central lower mantle, and these likely involve thermal
and chemical signatures of upwellings and downwellings
in the slowly convecting deep mantle system (see Mantle
Convection). The deepest few hundred kilometers of the
lower mantle have generally reduced seismic velocity gra-
dients, localized seismic velocity discontinuities, and
strong large-scale seismic velocity heterogeneities of
�2–4%. This portion of the lower mantle is called the
D00 layer (or, more commonly, the D00 region, because
the onset of anomalous properties varies significantly in
height above the CMB from place to place) in recognition
of its distinctive properties relative to the shallower lower
mantle (D0 layer). Localized regions of extreme (10–30%)
seismic velocity reductions in thin layers or lumps only
tens of kilometers thick are found at the base of D00. The
structural heterogeneities in the D00 region are usually
interpreted as manifestations of complex thermal and
chemical boundary layers at the CMB, to some extent
mirroring the structural heterogeneities found in the
near-surface lithospheric boundary layers. The structure
and dynamics of the D00 region are believed to be of funda-
mental importance to the mantle and core dynamical sys-
tems, prompting many seismological, geodynamical, and
mineral physics investigations of D00 properties.

The D00 region may have distinct bulk composition
from the rest of the lower mantle, involving residues
from deep mantle melting, core formation, chemical reac-
tions between the core and mantle, or dynamical segrega-
tion of materials over time, but this possibility has
to be assessed in the context of expected behavior of
major lower-mantle minerals for the extreme pressure-
temperature (P-T) conditions near the CMB. The primary
minerals in the lower mantle are thought to be (Mgx,Fe1�x)
SiO3 perovskite, (Mgx,Fe1�x)O ferropericlase, and smaller
amounts of CaSiO3 perovskite and high-pressure forms of
SiO2 (see Earth’s Structure, Lower Mantle). The relative
amount of Mg versus Fe, given by x, is	0.9, but the prop-
erties of the minor Fe component are being intensely
investigated because transitions from high-spin to low-
spin in Fe3+ and Fe2+ are expected in lower mantle perov-
skite and ferropericlase as pressure increases, with strong
effects on chemical and transport properties of the material
in the deepmantle. Some Al may substitute in both theMg
and Si sites in the Mg-perovskite. Mg-perovskite com-
prises as much as 70% of the lower mantle, making it
the most abundant mineral in the Earth. A phase change
in Mg-perovskite, discovered in 2004, occurs under P-T
conditions existing a few hundred kilometers above the
CMB, likely giving rise to some of the complexities of
the D00 region (Hirose and Lay, 2008). Mineralogical com-
plexity of D00 is expected to be enhanced relative to the
bulk of the lower mantle due to proximity to huge con-
trasts in composition and physical properties across
the CMB.

The CMB separates the solid silicate- and oxide-
mineral mantle from the molten metallic-alloy outer core.
The density increases from about 5,500 kg/m3

to 9,900 kg/m3 across the CMB, and the viscosity
decreases by many orders of magnitude. These contrasts
maintain a very sharp boundary and result in thermal and
chemical boundary layers in both D00 and the outermost
core, although any core structures may be very thin
and hard to detect (see Earth’s Structure, Core). With any
mass flux across the CMB being constrained to involve
chemical diffusion, heat transports across the CMB by con-
duction from the hot core into the lower-temperature
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mantle. The temperature drop across the resulting CMB
thermal boundary layer is estimated to be in the range
1,000–2,000
C, and there is a heat flow of 5–15 TWacross
the boundary (the heat flow through Earth’s surface is	46
TW) (Lay et al., 2008). Over time, relatively dense mate-
rials in the mantle (for example, any basaltic component
in subducted slabs that penetrate into the lower mantle)
are likely to have concentrated in D00, while light dross,
expelled from the coremay have accumulated on the under-
side of the CMB. Thermo-mechanical and electromagnetic
interactions across the CMB couple the mantle and core
dynamical systems, and this influences the geodynamo
(see Core-Mantle Coupling). The D00 region is relatively
accessible to seismic imaging, and its inferred structural
and dynamical properties are discussed here. Trønnes
(2009), Garnero and McNamara (2008), Lay (2007), and
many papers in Hirose et al. (2007) provide technical
reviews of ongoing research topics and conceptual models
for structures and processes occurring in D00.
Seismic velocity models for D00

Seismology provides the highest resolution of D00 elastic
material properties because it is possible to decipher seis-
mic wave interactions with the lowermost mantle and
CMB in recordings of ground shaking at seismic stations
around the world. Seismic wave observations can resolve
D00 region P- and S-wave velocities, reflections from sharp
velocity jumps, shear-wave splitting caused by anisotropy
of the elastic structure, and scattering properties. One-
dimensional (1D) depth-varying seismic velocity models,
such as the Preliminary Reference Earth Model (PREM)
of Dziewonski and Anderson (1981), usually have
reduced velocity gradients in the deepest 	150 km of
the mantle, representing the global departure of D00 veloc-
ity structure from that of the overlying lower mantle.
Efforts were initially made to interpret the low (or even
negative) velocity gradients in such laterally averaged
models of D00 structure as the result of a superadiabatic
temperature increase across the CMB thermal boundary
layer; strong temperature increases are required to account
for seismic velocity reductions due to the low thermal
expansion coefficient of deep mantle rock under high
pressures. However, it is now clear that there is no mean-
ingful “average” 1D structure for the D00 region useful
for a robust interpretation of the boundary layer. It is more
useful to discuss the seismic properties of D00 by empha-
sizing the lateral variations in structure, as is also the case
for the lithosphere.

Seismic tomography has been applied to develop three-
dimensional (3D) seismic velocity models for the entire
mantle for over 30 years. This method extracts 3D P-wave
and S-wave velocity fluctuations relative to 1D reference
models by inversion of massive data sets with crossing
ray paths for which seismic wave travel times are mea-
sured. 3D velocity inversions indicate that seismic veloc-
ity heterogeneity in the mid-lower mantle is relatively
weak, but that in the lowermost 300–500 km of the mantle
heterogeneity increases with depth, becoming stronger in
D00 than anywhere else in the Earth except for the upper-
most mantle where major thermal, chemical and partially
molten heterogeneities are known to exist.

An unanticipated aspect of the D00 seismic velocity het-
erogeneity revealed by seismic tomography is that it is
dominated by large-scale patterns, with huge continuous
volumes of high or low-seismic-velocity material having
scale-lengths of hundreds to thousands of kilometers. This
predominance of large-scale variations is observed in both
P-wave and S-wave velocities, with relatively high-
velocity regions of D00 underlying the circum-Pacific mar-
gins and two nearly antipodal regions of pronounced low
S-wave velocity beneath the southern central Pacific and
southern Africa/southern Atlantic/southern Indian Ocean
(Figure 1a). High-seismic-velocity regions are likely to
have lower temperature than low-seismic-velocity
regions, although chemical differences and phase changes
may contribute to the variations. Recent global tomo-
graphic models have �4% S-wave velocity variations in
D00, two or three times stronger than those found in the
mid-lower mantle, and comparable to the �5–8% varia-
tions at depths near 150 km in the upper mantle. While
mid-mantle variations tend to have more spatially concen-
trated heterogeneities, there is a significant degree of
radial continuity of high- and low-velocity anomaly pat-
terns throughout the lower mantle, possibly linking sub-
duction zones at the surface to high-velocity regions in
D00 and hot-spot locations at the surface to low-velocity
regions in D00 (Garnero and McNamara, 2008).

P-wave velocity variations in current tomographic
models have �1.0–1.5% fluctuations, with low-velocity
areas beneath the southern Pacific and south Atlantic/
Africa and high velocities under eastern Eurasia. There
is not as strong of an increase in P-wave velocity heteroge-
neity in D00 relative to that in the overlying mantle as there
is for S-wave velocity, which can be partially attributed to
the expected greater sensitivity of S-wave velocity to tem-
perature variations in a thermal boundary layer. There is
a large-scale spatial correlation between S- and P-wave
velocity patterns, as expected for temperature-induced
variations, but in some regions, such as beneath the north-
ern Pacific, this correlation breaks down. In other regions,
such as beneath the central Pacific, the S-wave variations
are much stronger than the P-wave variations even though
both have the same sign. The decorrelation of the seismic
velocities and the variation in their relative strengths pro-
vide strong evidence that thermal variations alone cannot
explain the large-scale patterns of seismic velocity hetero-
geneity; so there is likely to be chemical heterogeneity
present in D00 (Trampert et al., 2004). It is important to rec-
ognize that tomography patterns are relative to the global
average velocities at D00 depths, and that these averages
do not necessarily define “normal” mantle structure. This
results in uncertainty in interpretations of the velocity fluc-
tuations (for example, high velocity regions may be anom-
alously low temperature, perhaps due to cool
downwellings that have disrupted an overall hot boundary
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models, indicting high Vsh velocities below circum-Pacific regions with strong D0 0 discontinuities and high Vsv velocities in
LLSVP environments.
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layer, or low-velocity regions may be anomalously hot
regions, perhaps partially melted, within a chemically dis-
tinct, high velocity layer). Resolution of finer scale seis-
mic properties in D00 is pursued in order to overcome this
ambiguity in interpreting global seismic tomography
images.

Seismic velocity discontinuities in D00

Rapid P-wave and S-wave velocity increases and/or
decreases are observed several hundred kilometers above
the CMB in many regions (Lay and Garnero, 2007), and
are sometimes used to define the top of D00. The most
prominent structure is a rapid shear velocity increase of
1.5–3% 150–350 km above the CMB found over interme-
diate-scale (500–1,000 km) regions beneath circum-
Pacific margins and some other locations (Figure 1a).
The increase in velocity may be distributed over a few tens
of kilometers or it may be very abrupt (a “discontinuity”)
(Lay, 2008), and in some regions it can vary in depth by
as much as 100 km over lateral scales of just 200 km.
The velocity increase is required to account for observed
S-wave reflections that arrive before reflections from the
CMB. Similar structures have been found in localized
regions for P-waves, usually with a smaller velocity
increase of 0.5–1.0%, but in some regions there is
a P-wave velocity decrease at the same depth as an S-wave
increase (Hutko et al., 2008). Lay and Garnero (2007)
review many observations and models for this D00 seismic
velocity discontinuity.

The D00 S-wave velocity discontinuity is commonly
observed in regions with large volumes of high S-wave
velocity material in D00, indicating that it is associated with
relatively low temperature environments. An abrupt
increase in velocity with depth is not expected for
a thermal boundary layer structure, so most interpretations
of this correlation invoke the notion of localized ponding
of cool subducted lithospheric slabs that have sunk to the
lowermost mantle, retaining enough thermal and chemical
anomaly to account for the high seismic velocity. How-
ever, it is not clear that slab thermal and compositional
anomalies can account for a sharp reflecting structure, so
additional presence of a phase change may be required.
Alternatively, chemically distinct high velocity material
may be present in these regions, perhaps involving ancient
accumulated material concentrated during core formation
or segregated oceanic crustal materials that have accumu-
lated over Earth history. Observations of an S-wave veloc-
ity increase beneath the central Pacific, a relatively low
velocity region far from any historical subduction zone,
complicates any attempt to interpret the velocity disconti-
nuity solely as the result of recent slab thermal anomalies
(Lay and Garnero, 2007).

Post-perovskite in D00

Themajor seismic velocity discontinuities in the transition
zone are generally attributed to phase changes in upper
mantle minerals that cause abrupt changes in density and
elastic wave velocities. The experimental discovery of
a phase transition in MgSiO3 perovskite (Murakami
et al., 2004) for P-Tconditions near the top of D00 may pro-
vide a corresponding explanation for the D00 S-wave
velocity discontinuity. The high-pressure polymorph is
called post-perovskite, and laboratory and theoretical pre-
dictions of its properties indicate that it should have 1–2%
higher S-wave velocity, little, or no change in P-wave
velocity, and 1–1.5% higher density than perovskite,
which can account for some of the seismological complex-
ities of D00 (Hirose et al., 2007). Presence of Fe and Al in
the perovskite cause the phase transition to occur over
a pressure range rather than at a single pressure for
a given temperature, and this may be difficult to reconcile
with an efficient seismic wave reflector. The perovskite-
to-post-perovskite transition occurs at lower pressure for
lower temperatures, thus lateral temperature variations in
a thermal boundary layer are expected to modulate the
depth of the transition. If the phase transition occurs in
a relatively cool region of accumulated downwelling slab
material, the discontinuity should be higher above the
CMB than in warmer areas of D00 with the same composi-
tion. Some calculations indicate that the pressure of the
transition may decrease if Fe is present in the perovskite,
thus chemical heterogeneity could alsomodulate the depth
of the phase transition.

The P-T behavior of the post-perovskite phase change
tends to enhance thermal instabilities within the thermal
boundary layer, but its thermal transport properties are still
uncertain due to the possibility of Fe high-spin to low-spin
transition and the lack of constraint on Fe partitioning coef-
ficients between post-perovskite and ferropericlase. One of
the most important attributes of the phase transition is that it
can provide an absolute temperature tie-point for D00, if an
observed S-wave reflector at a specific depth (hence, pres-
sure) is correctly attributed to the phase change and if the
P-T-X behavior (where X indicates precise mineralogical
composition) of the phase change is experimentally and the-
oretically constrained. This is important because estimates
of temperature structure in the lowermost mantle and outer-
most core are largely based on extrapolations over tremen-
dous depth ranges of laboratory-estimated-temperature tie-
points for the olivine-spinel phase transition near 410-km
depth and the iron alloy solidus at the 5,150-km deep inner
core-outer core boundary.

Laboratory measurements indicate that the temperature
at a depth of about 2,600 km is close to 2,500 K, if the D00
discontinuity is caused by transition to post-perovskite.
With an estimated outermost core temperature of 3,500–
4,000 K, this favors a 1,000–1,500
 increase in tempera-
ture across the D00 thermal boundary layer. Such a strong
temperature increase could cause a reversion from post-
perovskite to perovskite to take place in the hottest region
right above the CMB, and some evidence for such
a second crossing of the phase boundary has been inferred
from seismic observations of a S-wave velocity decrease
50–100 km above the CMB (Figure 1a; Lay et al., 2006;
van der Hilst et al., 2007). The effects of the phase
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transition on seismic velocities must be considered when
inferring lateral temperature structure in D00 from seismic
velocity variations, given that the volume of the high
S-wave velocity post-perovskite material should vary
laterally in either a depth-modulated layer or a “lens,”
depending on stability of post-perovskite right at the CMB.
Large low shear velocity provinces in D00

The two large antipodal regions with low S-wave velocity
appear to be chemically distinct regions of D00 (Figure 1a).
The margins of these large low shear velocity provinces
(LLSVPs) have abrupt steep-walled lateral gradients, over
scales of tens of kilometers, which indicates a chemical
change relative to surrounding D00 material rather than just
a thermal change. The region beneath the southern
Atlantic and Africa has been modeled as having margins
with an abrupt �1 to �3% S-wave velocity decrease
250–300 km above the CMB (shallowing to 	800 km
above the CMB under Africa), with average velocities in
D00 that are 3–5% lower than for PREM (e.g., Wang and
Wen, 2006). The sub-Pacific LLSVP has comparable
velocity contrasts and varying vertical extent, and may
be two separate mounds of material that extend upward
into the central lower mantle. P-wave velocity tends to
be slightly low in the LLSVPs, but less than what would
be expected if the S-wave velocity reductions were
entirely caused by high temperatures. Thus, there is an
anomalously high incompressibility in the LLSVPs,
which also favors distinct chemistry. While limited in res-
olution, free oscillation measurements suggest that the
LLSVPs are relatively high density, adding to the evidence
for chemical inhomogeneity, and suggesting that these are
not buoyant ‘superplumes’ as some researchers have
suggested. Internal structure of LLSVPs has been detected
in the form of localized velocity discontinuities (Figure 1a)
and the presence of underlying ultra-low velocity zones
(see below). The velocity discontinuities may represent
chemical heterogeneity or possibly post-perovskite
phase transition in material with distinct Fe and Al content
from surrounding high seismic velocity areas of D00.

The current position of the LLSVPs can be attributed to
accumulation of chemically distinct, relatively dense
material in D00 that has been displaced away from
circum-Pacific areas of downwelling slab materials over
the past several hundred million years (Garnero and
McNamara, 2008). Thermal calculations indicate that
any dense chemical piles in a convecting mantle will be
relatively hot as a result of inefficient heat loss, so
LLSVPs would likely have combined effects of high
incompressibility, high temperature, and high density.
This predicts complex dynamical behavior, but the pres-
ence of the structures in D00 at this point in Earth’s evolu-
tion suggests that the features are long-lived and are either
remnants of much larger chemical anomalies that have
slowly been entrained by mantle flow or they are being
regenerated by ongoing chemical differentiation. Aggre-
gation of basaltic (ocean crust) components of subducted
slabs is one possible mechanism for accumulation of
chemically distinct material that may be sustaining the
LLSVPs. The total volume of LLSVP material is several
percent of the mantle, so these are significant chemical
reservoirs. The possibility that the LLSVPs have been
close to their present locations for hundreds of millions
of years is supported by the fact that reconstructed
emplacement locations of many Large Igneous Provinces
(LIPs) overlie margins of the LLSVPs (Torsvik et al.,
2006). If plume upwellings rise from the lateral margins
of the dense piles, as suggested by numerous dynamical
models, this association may be understood as a first order
impact of D00 structure on geological processes at Earth’s
surface.

Ultra-low velocity zones in D00

Thin layers or mounds of material with very strong seis-
mic velocity reductions have been detected in D00 just
above the CMB (Figure 1b), and these are called ultra-
low velocity zones (ULVZs). P- and S-wave velocity
models for ULVZ may have a thin layer or mound of
10–40 km thick and from hundreds to thousands of kilo-
meters across with P-wave velocity reductions of �4 to
�10% and S-wave velocity reductions of �8 to �30%
(Thorne and Garnero, 2004). These structures are com-
monly found near the margins of LLSVPs (Figure 1a),
but also occur in localized regions elsewhere. They are
detected in seismic waves that reflect from or graze
along the CMB.

The magnitude of the velocity reductions in the ULVZs
and the factor of 2–3 ratio of S-wave velocity/P-wave
velocity decrement require either the presence of a melt
component or very strong chemical contrast. The temper-
ature in the D00 thermal boundary layer will reach a peak
right at the CMB (which is nearly isothermal due to the
rapid convective flow occurring in the core); so ULVZs
are intrinsically the hottest regions in the mantle.
However, they are not globally detectable (a very thin
layer<	1 km could be present everywhere without being
resolved by seismic data); so a combination of partial
melting and chemical heterogeneity is implied by the
patchy nature of the thicker regions of ULVZ. Seismic
data indicate that the ULVZmaterial may be	10% denser
than surrounding D00 material, favoring high Fe content,
which would contribute to the strong seismic wave veloc-
ity reductions. ULVZ affiliation with LLSVPmargins may
be associated with thermal convection in the LLSVPs,
along with interactions with flow in the surrounding man-
tle (Garnero and McNamara, 2008). It is not yet clear how
to account for ULVZ chemical evolution, but one possibil-
ity is that they are the residue of a much more extensive
lower mantle magma ocean which has largely solidified
(Labrosse et al., 2007).

Seismic velocity anisotropy in D00

The seismic velocity structure in D00 is more anisotropic
than the shallower lower mantle, with seismic velocities



856 MANTLE D0 0 LAYER
being dependent on the direction of propagation and the
polarization of ground shaking. This results in shear-wave
splitting, involving an S-wave separating into two-
components with orthogonal polarization, one traveling
slightly faster than the other while in the D00 region.
By measuring the polarizations and travel time differ-
ence between the fast and slow S-waves, it is possible to
determine the anisotropic characteristics of the medium.
For most S-wave phases with ray paths grazing horizon-
tally through the D00 region, the data can be explained by
models in which horizontally polarized (SH) vibrations
travel with 1–3% higher velocities (Vsh) than vertically
polarized (SV) vibrations (Figure 1c). This behavior is
consistent with the medium having vertical transverse
isotropy (VTI), which can result from hexagonally sym-
metric minerals with vertically oriented symmetry axes
or from stacks of thin horizontal layers with periodic
velocity fluctuations. The regions with the best
documented cases for strong VTI in D00 tend to have
higher than average S-wave velocities and strong D00 dis-
continuities (Figure 1c). There are observations favoring
slightly tilted (non-vertical) transverse isotropy (Maupin
et al., 2005), which results in weak coupling of the SH
and SV signals (the fast wave is still close to the SH polar-
ization), as well as limited regions where SV signals are
found to propagate with higher velocities (Vsv) than SH
signals (such as in the central Pacific LLSVP, Figure 1c).

Anisotropy in D00 is likely to be caused by either lattice-
preferred orientation (LPO) or shape-preferred orientation
(SPO). LPO can arise when minerals systematically
orient within a flowing medium. This may exist in D00
if dislocation creep occurs, which requires relatively
high stresses and low temperatures as might be found near
slab downwellings. Ferropericlase has been shown to be a
viable candidate for development of LPO in horizontal
shear flows above the CMB, if suitable temperatures
and stresses are present. It is also possible that certain
slip systems can be activated such that post-perovskite
can account for shear-wave splitting observed in some
regions. If a region of D00 is too warm for dislocation
creep, deformation will occur by diffusion processes and
seismic anisotropy is only viable if heterogeneities (either
chemical blobs or pockets of partial melt) are systemati-
cally aligned with the flow. Transitions from horizontal
to vertical flows may account for SPO transitions from
VTI to horizontal transverse isotropy, which can have
Vsv higher than Vsh. Efforts continue to improve the char-
acterization of D00 anisotropy because it has the potential
to reveal ongoing deformation processes occurring in the
boundary layer.
Summary
The diverse seismic properties of the D00 region appear
to demonstrate the presence of heterogeneity at the base
of the mantle associated with thermal and chemical
boundary layers of a complex dynamical system. There
is a predominance of large-scale structures in D00, and
the strength of heterogeneities at intermediate and large-
scales appears to be significantly greater than in the over-
lying lower mantle. Large low shear velocity provinces
(LLSVPs), ultra-low velocity zones (ULVZs), multiple
seismic discontinuities, a major phase change, and seismic
anisotropy are all fundamental attributes of the D00 region.
The present day configuration of D00 structures represents
a “snap-shot” of an evolving system, with some aspects
reflecting very long time-scale processes (LLSVPs may
have been in place for at least hundreds of millions of
years; ULVZs may be the last remnant of an extensive
magma ocean that dates back to core formation) and much
shorter time scales (post-perovskite lenses may be found
in recently downwelled slab materials and seismic anisot-
ropy may be sustained by present day dynamic shear
flows). Together with the ongoing role of D00 as a thermal
boundary layer that regulates cooling of the core and as the
site of electromagnetic-mechanical coupling of rotation
between the core and mantle, the significance of this
region for Earth dynamics appears more evident than ever.
While debate continues regarding the extent to which
mantle material is fluxing between the shallow and deep
mantle, evidence has grown to support a significant feed-
back/control of D00 structures on geological processes at
Earth’s surface.
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Definition
Mantle plumes. localized upwelling currents of solid rock
that are hotter, thus less dense, than the surrounding
mantle.

Hotspots
Plate tectonics provides a framework for interpreting vol-
canism at plate boundaries, namely, along spreading
ridges (divergent boundaries) and subduction zones
(convergent boundaries). However, it does not explain
intraplate volcanism, such as Hawaii, nor the excess
volcanism along certain sectors of a spreading ridge, as
observed in Iceland. In these regions, called hot spots,
the volcanic activity can last more than a hundred million
years, as indicated by the resulting age-progressive volca-
nic chain formed during the hotspot’s lifetime. For
example, the 6,000 km-long Hawaiian-Emperor volcanic
chain (Figure 1) is an alignment of roughly 100 volcanoes
of progressively increasing ages. The volcanic chain was
created during the last 80 Ma, as the Pacific plate drifted
over the Hawaiian hot spot. The vigorous and long-lasting
Hawaiian volcanism readily captured the interest of geo-
physicists: Tuzo Wilson (1963) proposed that the Hawai-
ian chain was not caused by lithospheric fissures, but by
convection currents in the mantle, and Jason Morgan
(1971) suggested that hotspots are the surface expression
of mantle plumes upwelling from the Earth’s lowermost
mantle. Mantle plumes can be defined as localized upwell-
ing currents of solid rocks that are hotter, and thus less
dense, than the surrounding mantle.

Hotspots are traditionally characterized by some or all
of the following features, although exceptions do occur:
(1) An age-progressive volcanic chain whose linear trend
is consistent with the direction of plate motion. (2) The
onset of hotspot magmatism is often marked by a Large
Igneous Province (LIP), a term including “continental
flood basalts” (CFB) and “oceanic plateaus.” Estimated
extruded volumes of CFBs are 1–2 � 106 km3, with
perhaps similar (but unknown) volumes of intrusive
magmatism, whereas oceanic plateaus can be one order
of magnitude more voluminous (Coffin and Eldholm,
1994). According to the mantle plume initiation model
(Richards et al., 1989), the transient and episodic LIP
magmatism corresponds to melting of a large plume
“head,” whereas the subsequent hotspot activity is associ-
ated with the long-lasting and narrow plume “tail.” (3) The
topographic swell is a region of anomalously high topog-
raphy with a lateral width of 	1,000 km in the direction
normal to the volcanic chain (Wessel, 1993) and with an
elevation of 	1 km, which decreases along the chain.
(4) Hotspot basalts are geochemically distinct and more
diverse than mid-ocean ridge basalts.

Some hotspots, however, do not show all of the above
features. For example, many volcanic chains lack a clear
age progression and, according to Ito and van Keken
(2007), there are only 13 long-lived (>50 Ma) and
8 short-lived (<20 Ma) age-progressive volcanic chains.
Some hotspots are not associated with a LIP, whereas
others such as the Hawaii and Louisville chains terminate
in a subduction zone, so that the complete time record of
the volcanic activity is lost. A number of LIPs do not have
any volcanic track (e.g., the Shatsky rise and the Hess rise
in the Pacific Ocean) and their origin is still a matter of
debate. In summary, plume magmatism is often, but not
always, explained by the classical thermal plume model
with a voluminous spherical head followed by a narrow
columnar conduit.
Global hotspot distribution and hotspot fixity
Over the years, the estimated number of hotspots has var-
ied from 20 (Morgan, 1971), to a maximum of 117 in the
1980s, whereas in recent compilations (e.g., Ito and van
Keken, 2007), the number ranges between 45 and 70



Mantle Plumes, Figure 1 Seafloor topography from Smith and Sandwell (1997). Numbers indicate some ages (in Ma) along the
Hawaiian-Emperor volcanic chain.
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(see Schubert et al., 2001 and references therein). Hotspots
younger than 100 Ma are generally active, although their
vigor may vary considerably; older hotspots are either
waning (100<age<140 Ma) or inactive (age>150 Ma).
The best-defined hotspots appear to be relatively station-
ary over time and are used as a reference frame to deter-
mine absolute plate motions. Most hotspots are situated
in the oceans, one exception being Yellowstone (USA),
whose volcanic activity can be traced back to the 16
Ma-old Columbia River flood basalt. The discrepancy in
the number of continental vs. oceanic hotspots has three
probable reasons: First, the arrival of a mantle plume can
weaken the lithosphere and enhance continental breakup
(Courtillot et al., 1999). For example, the magmatic activ-
ity of the Iceland plume started with the eruption of the
North Atlantic Tertiary Igneous Province (62 Ma ago)
and was followed by continental rifting and the appear-
ance of an oceanic spreading ridge after a few million
years. In this respect, mantle plumes may have been influ-
ential in modifying plate boundaries. The second reason
concerns the different thickness (100–150 km) between
oceanic and continental lithosphere: weak plumes may
not melt beneath a thick continental lithosphere, but are
likely do so at lower pressure, beneath a thinner oceanic
lithosphere. Third, the lack of hotspots in continents could
be due to the continents accumulating over downwellings,
precisely where plumes are very unlikely to ascend.

The main oceanic hotspots and their related LIPs
(Figure 2) in the Atlantic Ocean are Iceland (0–62 Ma,
LIP: the North Atlantic Tertiary Igneous Province) and
Tristan da Cunha (0–125 Ma, LIP: the Paraná–Etendeka
Province), whereas other hotspots like the Azores
(0–20 Ma), Canaries (0–68 Ma), and Cape Verdes
(0-Miocene) are not clearly associated with a LIP. In the
Indian Ocean, the main hotspots are la Réunion
(0–65 Ma, LIP: Deccan Traps), Kerguelen (0.1–120 Ma,
LIP: the Kerguelen plateau), and Afar (0–30 Ma. LIP:
Ethiopian Traps). In the Pacific Ocean, the main hotspots
are Hawaii (0–76 Ma, unknown LIP, since the chain ends
in a subduction zone), Louisville (1–77 Ma, possibly
120 Ma if the associated LIP is the Ontong-Java Plateau),
and Galapagos (0 to possibly 90 Ma if the associated LIP
is the Caribbean Plateau). There are also some hotspots
(e.g., in French Polynesia) that may have a plume origin,
but with an unclear age progression. Finally, the oceanic
floors are “littered” by hundreds of thousands of volcanic
seamounts that are certainly not created by plumes (e.g.,
Hieronymus and Bercovici, 2000; Clouard and Gerbault,
2008).

An interesting aspect of hotspots is that they are rela-
tively stationary with respect to each other. Their respec-
tive motions of 1–2 cm/year are much less than the plate
velocities, thereby approximating a fixed hotspot frame
of reference. However, Tarduno et al. (2009) calculated
the age and the paleolatitude of volcanoes belonging to
Hawaiian-Emperor chain and concluded that the Hawai-
ian hotspot moved southward at 4–5 cm/year during the
period 80–47Ma ago, whereas it remained relatively fixed
(<2 cm/year) afterward. This complex behavior is proba-
bly due to the dynamical interaction between upwelling
plumes and the “mantle wind” induced by large-scale
mantle convection (Steinberger et al., 2004).

Evidence for mantle plumes
There is now widespread agreement on the existence of
mantle plumes, although contrasting views do exist



Mantle Plumes, Figure 2 Distribution of hotspots (stars) and Phanerozoic LIPs. In red: LIPs (or portions thereof) generated by
a transient “plume head.” In blue: LIPs (or portions thereof) generated by a persistent “plume tail.” (Modified from Coffin
and Eldholm 1994.)
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(see Foulger and Natland, 2003 and the web site www.
mantleplumes.org). Several lines of evidence support the
existence of mantle plumes:

 First, the Earth’s Rayleigh number, which governs the
vigor of convection, is sufficiently high (106–108) to
insure that mantle convection is time dependent and
that its thermal boundary layers (TBLs) become repeat-
edly unstable. ATBL is a zone characterized by a high-
temperature gradient, since heat is transported domi-
nantly by conduction. Fluid dynamical considerations
indicate that Rayleigh–Taylor instabilities from a hot
TBL generate thermal plumes (Loper and Stacey,
1983). A prominent TBL in the Earth’s mantle is possi-
bly the D00 zone, which extends 100–200 km above the
core–mantle boundary. The existence of another TBL,
for example, at 660 km depth, is still a matter of debate,
but it seems unlikely, since the endothermic phase tran-
sition does not constitute a complete barrier to mantle
convection. Mantle plumes are, therefore, expected to
rise from the lowermost mantle, forming cylindrical
conduits with a radius of 50–150 km. Such values are
based on fluid dynamics, whereas conduit radius esti-
mated by seismology (e.g., Montelli et al., 2004; Wolfe
et al., 2009) are much broader.

 Second, seismic detection of narrow plume conduits is
challenging, but the first exhaustive study by Montelli
et al. (2004) found that at least six plumes (Ascension,
Azores, Canary, Easter, Samoa, and Tahiti) extend into
the lowermost mantle, whereas others are confined
to the upper mantle, and in some cases the model
resolution was insufficient. Recently, an extensive
ocean-bottom seismological survey of Hawaii (Wolfe
et al., 2009) has shown that a low seismic velocity
anomaly extends into the lower mantle. Hopefully,
future progress in seismic tomography will provide us
with further evidence for mantle plumes.

 Third, Oceanic Island Basalts (OIBs) are geochemi-
cally distinct and more diverse than Mid-Ocean Ridge
Basalts (MORBs), as reviewed by Hofmann (1997).
Moreover, isotopic signatures of OIBs indicate an
involvement of ancient recycled oceanic crust, as first
suggested by Hofmann and White (1982), whereas
noble gases indicate that plumes may also carry primor-
dial mantle material, possibly stored in the deep mantle.

 Fourth, Burke and Torsvik (2004) provide another set
of evidence supporting the deep origin of mantle
plumes. Their plate tectonic reconstruction over the last
200 Ma shows that the paleoposition of 90% of the 25
LIPs considered, were located, at the time of eruption,
above lower mantle regions characterized, today, by
low S-wave velocities. These broad regions, situated
beneath the South-Central Pacific and Africa (see
Romanowicz and Gung 2002 and references therein),
are likely hotter and possibly compositionally denser
than the surrounding mantle and may indeed represent
a long-lived source zone of plumes.

Geochemistry of mantle plumes
Geochemists became interested in mantle plumes when
they discovered that ocean island basalts (OIBs), thought
to be derived from plumes, tend to have different chemical
(Schilling, 1973) and isotopic (Hart et al., 1973) composi-
tions from mid-ocean-ridge basalts (MORBs). These dif-
ferences are consistent with the plume model if the deep
mantle, the inferred source of plumes, is compositionally
different from the upper mantle, source of MORBs. These
systematic differences were borne out by many subse-
quent studies of samples from virtually all available ocean
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islands (Hofmann, 2003), as illustrated by Figure 3 for
chemical compositions and Figure 4 for isotopic composi-
tions. Both the trace elements and the isotopic composi-
tions indicate that the MORB source has been depleted
in “mantle-incompatible” trace elements, that is, those
that are scavenged from the mantle by melts that ulti-
mately form the crust, leaving behind a “depleted”mantle.
Primitive mantle
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the lower mantle was thought to be largely undepleted or
more “primitive.” Thus, plumes, rising from the deep
mantle, would sample the lower, relatively primitive reser-
voir, but they might entrain more depleted mantle rocks on
their way up, thus producing amixing array between prim-
itive and depleted reservoirs (Jacobsen and Wasserburg,
1979). However, mass balance considerations for the
incompatible element and isotope budget of the continen-
tal crust, the depleted upper mantle, and an undepleted
lower mantle, demanded a size of the depleted reservoir
of at least 50% of the mantle, which is significantly greater
than the roughly 30% mass fraction of the upper mantle.
This three-reservoir model (often simply called the
“layered mantle” model) was reinforced by the observa-
tion that many plume-derived basalts had much higher
3He/4He ratios than MORB (Farley and Neroda, 1998),
where 3He is a remnant of primordial noble gases from
the primitive Earth, whereas 4He is the product of subse-
quent decay of uranium and thorium.

In spite of its apparent geochemical persuasiveness, the
layered mantle model suffered two essentially fatal blows.
During the 1980s, evidence began to accumulate that
showed isotopically “enriched” (i.e., crustal-like) mantle
sources in several ocean islands including Hawaii,
Pitcairn, and Tristan da Cunha. This means that the end-
point of the mixing array of the type shown in Figure 4
cannot be an undepleted or “primitive” mantle reservoir
but must represent a source component that was crust-like
in that it was actually enriched in incompatible elements.
And although such a mixing array may pass through
the isotopic locus of a primitive mantle reservoir, it
clearly does not require the involvement of a primitive res-
ervoir. This is because, when a primitive reservoir is dif-
ferentiated into enriched and depleted components, any
remixing of these differentiated components will produce
a compositional array passing approximately through
the starting point, the locus of primitive compositions.
Therefore, Hofmann and White (1982) proposed that
the enriched source components in mantle plumes actu-
ally come from subducted oceanic crust rather than a
“primitive reservoir.”

The second blow to the conventional layered mantle
model came from seismic evidence showing tomographic
images of high seismic velocities characterizing subduc-
tion slabs that penetrate the base of the upper mantle and
can be traced into the lowermost mantle (e.g., van der Hilst
et al., 1997). If such deep subduction occurred during
major portions of Earth’s history, convective mixing will
have destroyed the chemical separation between upper
and lower mantle. The first attempt to integrate numerical
convection modeling with chemical differentiation at
crustal levels and recycling of ocean crust to generate
enriched plume sources at the base of the mantle was made
by Christensen and Hofmann (1994), and this has been
followed up by more elaborate simulations.

More recently, a variety of new models have sprung up.
Some invoke irregularly distributed, relatively primitive
plume source regions, which have been protected from
convective stirring throughout Earth’s history and are thus
able to preserve primitive geochemistry. Tolstikhin and
Hofmann (2005) and Boyet and Carlson (2005) have pro-
posed a new form of a two-layer mantle, one in which
a relatively small, compositionally dense reservoir formed
at the base of the mantle, in effect constituting the D00
layer. This irregular layer, on average about 200 km thick,
has otherwise been interpreted as a “slab graveyard.” The
new geochemical model stipulates that these subducted
slabs are very ancient, perhaps only a few tens of millions
of years younger than the accretion of the Earth. This, in
turn, requires stabilization by high intrinsic density, either
because they are derived from a primordial iron-rich mafic
crust, or because they were generated by downward segre-
gation of dense partial melts in the lowermost mantle
(Labrosse et al., 2007) in effect also creating an Fe-rich,
dense bulk composition. Such a “new two-layer” mantle
model can account for the geochemical differences
between plumes and mid-ocean ridge basalts, and it
resolves at least two awkward problems with the old
model: (1) it does not require that plumes have particularly
high helium concentrations, which are never actually
observed in plume-derived basalts; (2) it explains trace
element characteristics of plume-derived basalts, which
are in fact inconsistent with primitive sources. The new
two-layer model, by its nature, eliminates the need for
any undifferentiated, primitive reservoir, but it creates
a repository of primordial noble gases in the permanently
sequestered D00-layer at the base of the mantle. From there,
these noble gases can easily diffuse into the overlying
actual (silicate) source reservoirs of mantle plumes.

It should be emphasized that, by its very nature, geo-
chemical evidence is extremely unlikely to either prove
or disprove the existence of mantle plumes or mantle
layering, because the mixing and extraction processes that
deliver plume-derived or non-plume-derived melts to the
surface are not known a priori. Unfortunately, in the past,
it has too often been argued that some ocean island must
be derived from a deep-mantle plume because it contains
high 3He/4He ratios, or near-chondritic 143Nd/144Nd
ratios. Indeed, the inherent weakness of such arguments,
which are clearly nonunique, has helped to discredit
plume theory in some quarters. On the other hand, the
plume model in combination with geochemical evidence
can help to elucidate many fundamental aspects of Earth
evolution, including the timescale of early Earth evolution
and of crustal recycling, as well as the intensity of convec-
tive stirring in the mantle.

Overall, the “enriched” nature (i.e., enriched in highly
incompatible elements relative to more compatible
elements), which is evidenced by both the observed trace
element and isotope abundances of the decay products of
long-lived radioactive decay systems such as 87Rb-87Sr,
147Sm-143Nd, 176Lu-176Hf in plume-derived rocks, is most
easily explained by the subduction and recycling of
enriched crustal rocks, rather than the involvement of
any “primitive” mantle material (Hofmann, 1997). Sub-
duction of crustal materials, including ordinary ocean
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Mantle Plumes, Figure 5 Numerical simulation of a thermal
plume.
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crust, enriched ocean crust, ocean islands and seamounts,
as well as some sediments and other continental material,
is based on geological and geophysical observations.
Thus, there is no shortage of suitable source materials in
the mantle without the need for alternative enrichment
processes, such as “metasomatic” infiltration, which
might nevertheless play some role. The recycled enriched
materials appear to be more prevalent in mantle plumes
than in mid-ocean ridge basalts, because basaltic crust,
once subducted, is somewhat denser than ordinary perido-
titic mantle. Because of this, it may be segregated and
“stored” at the base of the mantle for geologically longer
periods of time, and ultimately contribute significant
portions of plume source materials (Christensen and
Hofmann, 1994).
Genesis and dynamics of plumes and superplumes
On timescales of millions of years, solid mantle rocks
behave as highly viscous fluids with a viscosity of
	1018–1022 Pa s (in comparison, the viscosity of a glacier
is 	1013 Pa s, and of a basaltic lava is 	10–104 Pa s).
Thus, mantle dynamics is governed by a set of equations
(conservation of mass, momentum, and energy) for
a viscous fluid where inertial effects can be neglected.
The growth rate of a Rayleigh–Taylor instability from
a thermal boundary layer heated from below is controlled
by the Rayleigh number: Ra = r a DT g d3/kZwhereDT is
the temperature contrast across a layer of thickness d, den-
sity r, thermal expansion coefficient a, thermal diffusivity
k, and viscosity Z. Instabilities are enhanced by the ther-
mal buoyancy and inhibited by viscosity and thermal dif-
fusivity. Using reasonable values for the above physical
parameters, growing instabilities of the boundary layer
form diapirs. Due to the high mantle viscosity, such
a diapir will separate from the TBL only when its volume
becomes sufficiently large (e.g., Whitehead and Luther,
1975). The morphology of a thermal plume is controlled
by the viscosity contrast between the hot fluid and the
mantle above it: If the viscosity contrast is weak, plumes
will have a “spout” shape, with little difference between
the radius of the leading diapir (the plume head) and the
following conduit (the plume tail), whereas increasing
viscosity contrast leads to a larger head and a narrower
conduit. This “mushroom” shape (Figure 5) is favored,
because a hot plume is likely to be 100 times less viscous
than the surrounding mantle, owing to the strong temper-
ature dependence of viscosity.

Although fluid dynamics laboratory experiments (e.g.,
Whitehead and Luther, 1975; Griffiths and Campbell, 1990)
and numerical simulations (e.g., Parmenteir et al., 1975;
Olson et al., 1993) on purely thermal plumes enabled us
to gain a quantitative understanding of plume dynamics,
in the 1990s it became progressively clear that the lower-
mostmantle is compositionally heterogeneous.D00 is a region
of preferential segregation and accumulation of denser
subducted crust (Christensen and Hofmann, 1994), and
larger scale regions of the lower mantle may be chemically
heterogeneous (Kellogg et al., 1999). This offered new and
exciting avenues to explore the complexdynamicsof thermo-
chemical plumes, which can be defined as hot (positively
buoyant) plumes that carry compositionally denser (nega-
tively buoyant)material. Laboratory experiments byDavaille
(1999) investigated a variety of regimes and found that insta-
bilities may form dome-like structures with an oscillatory
behavior (i.e., they rise and sink in response to a subtle bal-
ance between thermal and chemical buoyancies). Her exper-
iments, together with numerical simulations of
thermochemical convection (e.g., Tackley, 1998) provide
a fluid dynamically consistent framework to interpret obser-
vations that are otherwiseunexplainedbypurely thermal con-
vection. For example, the commonly referred“superplumes,”
situated beneath the South-Central Pacific and Africa are
broad (thousands of kilometers large) lower mantle zones of
low seismic velocity most likely associated with active
upwelling. Although there is a debate on the thermal and/or
compositional origin of “superplumes,” several lines of evi-
dence do support their distinct composition (Ishii andTromp,
1999; Masters et al., 2000). Another issue that can be readily
explained by thermochemical plumes is the discrepancy
between the petrologically constrained excess temperature
of plumes (100–250
C) and the estimated temperature differ-
ence across the D00 region (	1,000
C). Numerical simula-
tions (Farnetani, 1997) show that the deepest, hottest part of
the thermal boundary layer does not upwell inmantle plumes
if the compositional density contrast exceeds 2%. A denser
zone in the boundary layer also tends to “anchor” the base
of plume conduit, so that the flow pattern remains stable over
timescales longer than the plume rise time (Jellinek and
Manga, 2002). Finally, thermochemical plumes present
a variety of shapes and surface manifestations (Farnetani
andSamuel, 2005;Kumagai et al., 2007) that expand the clas-
sical plume head-tail model predictions (Figure 6).
Plume melting and plume strength
At spreading ridges, mantle rocks rise to shallow depths in
response to plate spreading, and melt by adiabatic decom-
pression (McKenzie and Bickle, 1988). This is not the
case for most plumes impinging at the base of
a preexisting and unrifted continental or oceanic litho-
sphere. In order to melt at relatively high pressure
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(4–5 GPa), plumes must be either hotter than normal
mantle, or compositionally more “fertile” than peridotitic
mantle (Condie, 2001, Chap. 4). Plumes are probably
both: their excess temperature is estimated between 100
and 250
C (Putirka, 2005), and they can carry 20%, or
more, of recycled crust in the form of eclogite (Sobolev
et al., 2007). Eclogite is more fertile than peridotite
because it has a lower solidus and a greater melt productiv-
ity. According to Sobolev et al. (2005), reaction between
eclogite-derived liquids and solid peridotite forms
a pyroxenite, whose subsequent melting may explain
some compositional characteristics of Hawaiian (and
many other plume-derived) lavas. Another efficient way
of lowering the solidus temperature is to have fluids
(H2O, CO2) in the upwelling plume rocks; however, the
evidence for “fluid-rich” hotspot lavas is scant. Although
it is well known that melting is the most efficient way to
create chemical differentiation in the mantle and that it is
the unavoidable process to generate surface lavas from
mantle rocks, many aspects of partial melting remain elu-
sive (e.g., the pressure–temperature conditions during
melting; the source heterogeneous composition; the mech-
anism of melting, of transport and of storage of the
magma). This limits our quantitative understanding of
the link between petrological and geochemical observa-
tions of surface lavas and the underlying mantle plume
composition and dynamics.

The strength of a mantle plume can be calculated on the
production rate of volcanic rocks. The method utilizes the
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Mantle Plumes, Figure 6 Numerical simulation of
a thermochemical plume. Top: Temperature field. Bottom:
Chemically denser material, represented with tracers.
Animations are available.
volcano’s volume and growth time, and the estimated melt
fraction. For example, Mauna Loa has a volume of
	70,000 km3 and it grew in 	1 Ma, suggesting that the
Hawaiian plume melt production rate M is about 0.1–
0.2 km3/year. Since only a fraction of the upwelling plume
melts, the total plume volume flux Qv � M. Another
method, based on the rate of swell formation (Sleep,
1990), enables one to calculate the plume buoyancy flux
B = Qv Dr where Dr = r a (TPLUME � TMANTLE). For
Hawaii, the most vigorous hotspot, B 	 8,000 kg/s, for
Iceland B 	 1,400 kg/s, for Galapagos B 	 1,000 kg/s.
Finally, the plume heat flow is Qh = rMANTLECpQv
(TPLUME � TMANTLE), where the specific heat at constant
pressure is Cp 	 1,200 J/kg K. For Hawaii, the heat flow
is Qh	 360� 109W, and it represents	16% of the global
hotspot heat flow of 2.3� 1012W, which, in turn is a small
fraction of the Earth’s total heat flow of 44 � 1012 W (for
further reading, see Schubert et al., 2001, Chap. 11).
Continental flood basalts and continental breakup
The eruption of a large igneous province (LIP) represents
a major geologic event head. Over the Earth’s history, epi-
sodic LIP magmatism contributed to continental growth
through the emplacement of CFB and through the accre-
tion/obduction of fragments of oceanic plateaus onto con-
tinental crust (Ben-Avraham et al., 1981). Accretion may
be due to the difficulty of subducting the 20–40 km thick
crust of an oceanic plateau. Three notable examples of
accreted LIP fragments are found in the Solomon Island
arc (from the Ontong-Java plateau), in Central America
(from the Caribbean plateau), and the Wrangellia terrane
outcropping in British Columbia and in SE Alaska
(Figure 7). This allochthonous terrane, locally attaining
a thickness of 6 km, is likely to be a fragment of a 230
Ma-old oceanic plateau (Ben-Avraham et al., 1981;
Richards et al., 1991; Greene et al., 2008).

Distinctive characteristics of LIP magmatism are the
short duration (1–2 Ma) and the huge volumes (1–10 �
106 km3) of eruption. Because of the high eruption rates
(>1–2 km3/year; for comparison Kilauea grows
at 0.1 km3/year) and the enormous surface extent (1–2 �
106 km2; for comparison France’s surface is 	0.5 �
106 km2), flood basalt eruptions are extraordinary volcanic
events. CFBs consist of sub-horizontal flows of mafic (Fe-
and Mg-rich) rocks, mainly tholeiitic basalts. Individual
flows can extend for hundreds of kilometers, be tens to
hundreds of meters thick, and have volumes of more
than 103 km3. CFBs are more accessible than submerged
oceanic plateaus; however they can be extensively eroded,
fragmented, and dispersed on different continents by
plate tectonic processes. Clearly, uncertainties regarding
the original volume and surface extent increase with their
age, for example, for pre-Cambrian CFB only the giant
swarm of mafic dikes, feeding surface volcanism, may be
left (Ernst and Buchan, 2001).

The Phanerozoic CFBs are, in chronological order:
The 258 Ma-old Emeishan Traps (SW China), which



Mantle Plumes, Figure 7 Photograph of 1,000 m of continuous
subaerial flood basalt stratigraphy in the Wrangell Mountains,
Alaska. The yellow line marks the contact between Nikolai
basalts and the overlying Chitistone Limestone. (From Greene
et al., 2008. With permission.)
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presently cover only 0.3 � 106 km2, probably a tenth of
the estimated original surface; the 250 Ma-old Siberian
Traps, which might have had a surface extent of 3–4 �
106 km2 and extrusive volumes of 106 km3; and the 200
Ma-old lavas and dike swarms of the Central Atlantic
Magmatic Province outcrop in once-contiguous parts of
North America (e.g., the Palisades sill, NY), West Africa,
and Brazil. This flood volcanism, with an estimated total
volume of 3 � 106 to 5 � 106 km3, preceded the opening
of the central Atlantic Ocean. The 184–182Ma-old Karoo
(Southern Africa)–Ferrar (Antarctica) traps preceded the
breakup of Gondwana by 10–15 Ma. Similarly, the
	135–130 Ma-old magmatism of the Paraná (Brazil)–
Etendeka (Namibia) province led to the opening of
the South Atlantic Ocean. The Deccan Traps (India)
erupted 66–65 Ma ago over an area of 	1.5 � 106 km2;
the subsequent rifting split apart the Seychelles
from India. The North Atlantic Tertiary Igneous Province
covers a surface greater than 106 km2 and has an estimated
volume of 6 � 106 km3. The earliest volcanism occurred
as flood basalts in Baffin Island, West- and East-
Greenland (62 Ma), and later (56–54 Ma) extended to
the continental margins of Greenland, the British Isles,
and Norway. These rifted edges of continents constitute
the so-called volcanic passive margins of up to 8 km-thick
seaward dipping basalt layers. The complete opening of
the North Atlantic and the appearance of truly oceanic
crust occurred about 53 Ma ago. Finally, the Ethiopian–
Yemen traps, 	30 Ma old, have been associated with the
rifting in the Red Sea and the Gulf of Aden (Courtillot
et al., 1999).

Issues concerning the timing of rifting have been hotly
debated: One side claims that rifting preceded, and
enhanced, flood volcanism (e.g., White and McKenzie,
1989); the other side argues that rifting is not a prerequisite
to flood volcanism, since it occurs only during and after
volcanism (e.g., Richards et al., 1989). More geological
observations are needed, as well as numerical simulations
and/or laboratory experiments investigating how anoma-
lously warm mantle can erode the lithosphere and create
(or reactivate) weak zones susceptible to rifting.
LIP magmatism and environmental effects
The remarkable temporal correlation between LIP
magmatism and mass extinctions of terrestrial and marine
organisms suggests a cause-and-effect connection
(Courtillot and Renne, 2003). The most notable example
is the Siberian Traps at the Permian–Triassic boundary
(Renne et al., 1995; Svensen et al., 2009). The emplace-
ment of the Deccan Traps, spanning the Cretaceous–
Tertiary boundary, certainly had an environmental effect
(Self et al., 2006); however, the extinction event coincided
with a large asteroid impact at Chicxulub, Mexico
(Schulte et al., 2010). The peak of volcanism in the North
Atlantic Volcanic Province corresponds to the Paleocene-
Eocene Thermal Maximum (PETM) event 55 Ma ago.
Svensen et al. (2004) propose that voluminous magmatic
intrusions in carbon-rich sediments induced massive
release of the methane buried in marine sediments, thus
suggesting that volcanic and metamorphic processes asso-
ciated with the opening of the North Atlantic may explain
global climate events. Self et al. (2006), Ganino and Arndt
(2009), and Svensen et al. (2009) attempt to quantify the
release of volatiles (CO2, CH4, SO2) during flood volca-
nism and to estimate the consequences on the environ-
ment. In particular, the release of volcanic ashes and
sulfuric acid aerosols can lead to darkening and cooling,
SO2 and HCl cause acid rains, whereas greenhouse gases
like CO2 and CH4 cause global warming. Carbon has
two origins: magmatic and sediment-derived. Interest-
ingly, Ganino and Arndt (2009) show that the mass of sed-
iment-derived CO2 can be four to eight times larger than
the mass of magmatic CO2, if contact metamorphism reac-
tions occur in sedimentary rocks such as dolomite, evapo-
rite, coal, or organic-rich shale. In other words, the
environmental effect of flood basalt magmatism depends,
among other factors, on the rock type in contact with mag-
matic sills and lava flows (Ganino and Arndt, 2009;
Svensen et al., 2009).

Marine eruptions can also have an environmental effect,
because they can cause variations in water chemistry and
oceanic circulation. The emplacement of the (Alaska-sized)
Ontong-Java plateau 120Ma ago and of the Caribbean pla-
teau correlate temporally with some of the major Oceanic
Anoxic Events (OAEs) which occurred 	183, 120, 111,
and 93 Ma ago. OAEs are associated with an abrupt rise
in temperature, induced by rapid influx of CO2. The conse-
quent increase of organic productivity causes an increase of
oxygen demand in the water column, eventually leading to
oxygen depletion in the oceans (for a thorough review see
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Jenkyns 2010 and references therein). Furthermore, the for-
mation of black shale (marine carbon-rich sediments) may
have been favored bymassive hydrothermal release of trace
metals, poisonous to marine life.

Plume–lithosphere interaction
A quantitative understanding of plume–lithosphere inter-
action enables us to relate geophysical observations
(e.g., the spatiotemporal evolution of surface topography,
variations in lithospheric thickness, etc.) to the physical
parameters and dynamics of the plume. Central issues
concerning plume–lithosphere interactions include, but
are not limited to the following:

 First, estimating the dynamic topography (Definition of
dynamic topography, extracted from Lithgow-
Bertelloni and Silver, (1998). “Dynamic topography is
a deformation of the surface of the Earth, supported
by the vertical stresses at the base of the lithosphere,
which are generated by flow in the mantle below. This
is in contrast to the more familiar mechanism of isostat-
ically supported topography which is in equilibrium
at the Earth’s surface and would exist even in a static
mantle.”) induced by the arrival of a mantle plume
head. Pioneering laboratory experiments by Olson and
Nam (1986) found that a thermal diapir upwelling and
spreading beneath the lithosphere induces a rapid sur-
face uplift followed by a slower subsidence. According
to Farnetani and Richards (1994), uplift should precede
flood volcanism by 1–2 Ma, a prediction that is some-
times validated by geological observations (e.g., for
the Emeishan Traps), but not always (e.g., for the
Siberian Traps). A present-day example of dynamic
topography is provided by Lithgow-Bertelloni and Sil-
ver (1998), who suggest that the anomalous elevation
(	1 km) of South-Central Africa has a dynamic origin,
being induced by mantle upwelling from the African
“superplume,” a broad lower mantle zone of low seis-
mic velocity anomalies.

 Second, understanding the origin of the topographic
hotspot swell and the thermomechanical response of
the lithosphere drifting over the plume. Two main
mechanisms have been proposed for the Hawaiian
swell: “thermal rejuvenation” invokes heating and thin-
ning of the lithosphere above the hotspot, whereas
“dynamic support” invokes stresses applied to the base
of the lithosphere by the buoyant plume. Seismic stud-
ies by Li et al. (2004) around Hawaii found a thinning
of the lithosphere from the expected 100 km (beneath
the Big Island) to only 50–60 km (beneath Oahu and
Kauai, 400 km downstream from the Big Island), thus
suggesting a hybrid scenario, whereby “dynamic sup-
port” prevails above the plume conduit and “thermal
rejuvenation” prevails downstream. Far from the con-
duit, thermal thinning of the lithosphere may be
enhanced by small-scale convective instabilities, which
take the form of rolls aligned with the plate motion, as
observed in numerical simulations with strongly tem-
perature-dependent viscosity (Moore et al., 1998).

 Third, mechanical and chemical interaction between
plume magmas and the lithosphere can explain
a number of geophysical and geochemical observa-
tions. For example, the occurrence of regularly spaced
volcanoes in hotspot chains is probably caused by the
interaction of magma transport with lithospheric flex-
ure (Hieronymus and Bercovici, 1999, 2000). Under
the load of the volcanoes, the lithosphere deforms and
the resulting flexural stresses have a key role in deter-
mining the locus where magma preferentially extrudes.
There are also clear examples of geochemical interac-
tion between the continental lithosphere and plume
magmas “en route” to the surface. In particular, CFB
lavas erupted at the onset of flood volcanism often have
anomalous compositions, reflecting contamination by
the lithosphere and crust. It is thus important to quantify
the contribution of the continental lithosphere before
inferring the plume’s geochemical fingerprint.

 Fourth, plume material may preferentially flow –
and partially melt – in preexisting zones of thinned lith-
osphere (Sleep, 1996). In other words, the thickness of
the lithosphere and the slope of its base may control the
spatial distribution of plume magmatism. According to
Ebinger and Sleep (1998), the Cenozoic magmatism in
East Africa (including the Afar, the Cameroon volcanic
line to the West, and the Comoros Islands to the South)
can be explained by a single plume impinging beneath
the Ethiopian plateau and its subsequent lateral flow,
“channeled” in preexisting rift zones characterized by
a relatively shallow base of the lithosphere.
Plume–ridge interaction
At least 21 hotspots are situated near a spreading ridge, the
clearest examples being Iceland, a ridge-centered hotspot,
Galapagos, and the Azores. At Iceland, the Mid-Atlantic
Ridge rises 	4 km above normal and remains anoma-
lously shallow for 	1,000 km to the North and the South.
Below Iceland, the oceanic crust is 40 km thick, whereas
more normal crustal thicknesses of 8–10 km are attained
only	500 km far from the hotspot. Furthermore, compo-
sitional anomalies in trace elements and isotope ratios
observed along the ridge clearly indicate plume–ridge
interaction (Schilling et al., 1985). The Galapagos hotspot
is situated 	200 km off-axis form the Galapagos Spread-
ing Center, and, also in this case, geophysical and geo-
chemical anomalies along the ridge suggest plume–ridge
interaction. These observations raise several questions
concerning: (a) how plume material flows toward the
ridge, opposite to the plate motion, (b) how plume mate-
rial, once “trapped” beneath the ridge, flows parallel to
the ridge axis, and (c) how the plume–ridge flow is
affected by physical parameters such as the plume volume
flux, the plume–ridge distance, and plate velocity. As
reviewed by Ito et al. (2003), such questions have been
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addressed with laboratory experiments (e.g., Kincaid
et al., 1995; Feighner and Richards, 1995) and theoretical
and numerical models (e.g., Ribe et al., 1995; Ribe, 1996;
Ribe and Delattre, 1998) that progressively included more
realistic conditions, such as the conductive thickening of
the oceanic lithosphere away from the ridge and
a migrating spreading ridge. The sloping base of the oce-
anic lithosphere favors the flow of plume material toward
the ridge (Sleep, 1996), and the subsequent channeling of
plume flow beneath the ridge has been calculated numeri-
cally by Albers and Christensen (2001). Such studies con-
cluded that the width over which plume material flows
along the ridge increases with higher plume flux and
decreases with higher spreading rate and plume–ridge dis-
tance (see Ito et al., 2003; Ito and van Keken, 2007).
Another important parameter is plume viscosity, in partic-
ular, Ito et al. (2003) find that the plume flow is reduced by
the process of dehydration strengthening, which increases
the viscosity of the plume residuum. For a fluid dynamical
analysis of plume–ridge interaction see the comprehen-
sive paper by Ribe et al. (2007) and the review paper by
Ito et al. (2003).
Summary and Conclusion
This chapter on mantle plumes has taken us from the deep
Earth’s mantle where plumes originate, to sublithospheric
depths where partial melting occurs, and up to the surface
where LIPs have been emplaced in the geologic past, and
hotspot lavas are being erupted today. We also explored
the environmental effect of massive LIP volcanism on
the oceans and the atmosphere. This range of topics shows
that a full understanding of mantle plumes requires
a multidisciplinary approach. Important progress will be
achieved by linking geophysical, geochemical, and geo-
logical observations, to models solving for the fluid
dynamics of mantle plumes, melt migration, and physical
volcanology, just to mention a few.
Future directions
In our view, fundamental questions for the future include
the following:

1. Quantifying the effect of heterogeneities on plume
dynamics and fertility. The term heterogeneity is used
here in a broad sense, from small-scale (1–10 km)
lenses of recycled eclogite to the large-scale (100–
1,000 km) denser superplumes that may generate
short-lived instabilities rising from their top. Future
studies should model heterogeneous plumes in a fully
convecting mantle, with physical properties provided
by mineral physics experiments at appropriate temper-
ature and pressure conditions. Lithologic variability
affects the fertility and the geochemical characteristics
of lavas (Sobolev et al., 2005), but, at present, numeri-
cal simulations are unable to model the complex petro-
logical and geochemical evolution of the solid matrix
and melts.
2. Quantifying the role of the lithosphere is needed to
understand how lithospheric stresses and variations in
lithospheric thickness and composition may affect par-
tial melting and the ascent of magma. Hieronymus and
Bercovici (2000) provide a theory to explain the distri-
bution of non-hotspot island and seamount chains in
the South Pacific and conclude that volcanism can be
activated by tensile stresses. The hypothesis that
thermoelastic cracking of the oceanic lithosphere
(Sandwell and Fialko, 2004) can trigger magmatism
should be explored quantitatively, to assess the vol-
umes and the composition of such magmas.

3. The cause-and-effect relation between the arrival of
a mantle plume and continental breakup is often
invoked, but we lack a quantitative understanding of
the processes involved. In other words, although there
is evidence supporting the role of plumes in the crea-
tion and modification of plate boundaries, it is unclear
how a large-scale system, with continents and
preexisting spreading ridges responds to the arrival of
a large mantle plume.Moreover, studies of plume–lith-
osphere interaction should explore the possibility of
dynamic instabilities, such as lithospheric delamina-
tion, fingering of low-viscosity fluid, and small-scale
convection (see Ito and van Keken, 2007 and refer-
ences therein), and their ability to generate partial
melts.

4. Future studies should address in a constructive and
quantitative way the current debate (see www.
mantleplumes.org) on the “existence of plumes,” or
better, on the “coexistence of plumes with other pro-
cesses” that can produce surface volcanism. Progress
will be achieved through improved seismic imaging
of plumes and their depth of origin, and through
a quantitative understanding of lithospheric processes,
as explained above. We also note that much of the
ongoing debate questioning the existence of plumes
is based on a narrow view of what a plume should look
like: the head-tail model is valid in a purely thermal,
homogeneous mantle, but a variety of plume shapes
are found if the Earth’s lower mantle is composition-
ally heterogeneous (Farnetani and Samuel, 2005;
Kumagai et al., 2007). Furthermore, when considering
plumes in a convecting mantle, rather than in an
unperturbed fluid, it is obvious that conduits cannot
be fixed (Steinberger et al., 2004), an observation that
does not preclude the existence of deep plumes.

5. Although we have restricted our treatment toMesozoic-
Cenozoic plumes (<250 Ma), it is likely that plumes
had an important role also at earlier times, although geo-
logical evidence becomes increasingly scant with
geological age (Ernst and Buchan, 2001). The early
Earth, with its vigorous and highly time-dependent con-
vection, probably had an intense plume magmatism.
Hopefully, studies of volcanism on Mars and Venus
can complement and improve our knowledge of early
terrestrial magmatism (see Condie, 2001, Chap. 3).
Both Mars and Venus lack plate tectonics, so that old
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geologic features can be better preserved. On Mars, the
Olympus Mons is an enormous shield volcano (volume
2� 106 km3), and the Tharsis rise, which covers 20%of
the Martian surface, has been volcanically active for the
last 2 Ga, suggesting the presence of huge and long-
lived plumes in the Martian mantle (Harderer and
Christensen, 1996).
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Definition
By the term “mantle rheology” we mean to imply the
nature of the relationship between applied stress and real-
ized strain.

Introduction
The effective viscosity of the Earth’s predominantly iron-
magnesium silicate mantle is a physical property of funda-
mental importance. In characterizing this outer shell of the
planet by a viscosity at all, one is recognizing that it is
capable of flowing as if it were a fluid. This is in spite of
the fact that on the timescales characteristic of seismic
waves it is known to be accurately describable as a
Hookean elastic solid, albeit one which is endowed with
a finite quality factor “Q” due to imperfections of elastic-
ity. The idea that viscoelastic materials behave as solids
on short timescales but as fluids on sufficiently long time-
scales is well understood in the material science literature.
For Earth sciences, the fact that the mantle behaves vis-
cously on timescales in excess of a few centuries is vital
to the understanding of plate tectonics and the origins of
continental drift as a consequence of thermal convection
in the mantle. This article provides a summary of labora-
tory and geophysical data that may be brought to bear as
a means of measuring mantle viscosity and discusses the
compatibility of these measurements with the require-
ments of the mantle convection process.

Methods of measurement
Laboratory experiments
One might imagine that laboratory measurements of the
creep of mantle mineral assemblages at high pressure
and temperature would provide all that is required to
obtain the data needed to infer effective viscosity. There
are several problems with this idea, however, most of
which derive from the difficulty of performing the appro-
priate experiments under the extreme conditions charac-
teristic of the Earth’s deep interior. There nevertheless
does exist very detailed information on the creep of poly-
crystalline solids in general which may provide useful
insight on the sort of behavior to be expected. Since such
polycrystalline aggregates have many characteristics in
common insofar as their ability to “flow” is concerned, it
is instructive to consider one specific example in order to
fix ideas. To this end Figure 1 displays a strain-rate vs. dif-
ferential stress diagram for fine-grained ice (from Goldsby
and Kohlstedt, 1997), an important model system that has
been studied in great detail because of its practical impor-
tance in glaciology. In this log-log plot, a straight line is
indicative of a power law relationship with the slope deter-
mining the “stress exponent.” Inspection of the figure will
show that, as the differential stress is reduced, the flow law
undergoes a series of discrete transitions. At the highest
values of differential stress, the stress exponent has
a value of 4, indicating that the mechanism supporting
the “flow” of the polycrystalline aggregate involves the
propagation of “dislocations” through the interiors of the
individual crystal grains that make up the aggregate. This
process is referred to as involving “dislocation climb.” As
the differential stress diminishes, the stress exponent first
drops to a value near 2, indicating that the mechanism
supporting flow has come to involve the propagation of
dislocations along the boundaries separating individual
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grains. This regime is referred to as involving “grain
boundary sliding.”With even further reduction of the dif-
ferential stress, the exponent drops to unity implying that
the underlying mechanism involves the diffusion of impu-
rities. In this regime, the stress–strain relation describing
the flow of the solid is now equivalent to that which holds
for a simple fluid like water which we refer to as being
“Newtonian” Investigation of the temperature dependence
of the experimentally determined stress-strain relation
shows that, as the temperature approaches the melting
temperature the strain-rate increases for a fixed value of
the differential stress.

Non-Newtonian rheology from seismic anisotropy
It is generally understood that at shallow depths, from the
surface through the near-surface “lithosphere” in which
the effective viscosity is extremely high, the operative rhe-
ology is significantly non-Newtonian. The extent to which
this behavior persists to greater depth remains
undetermined. That the shallow Earth deforms according
to a non-Newtonian stress–strain relation follows from
the existence of significant seismic anisotropy. The devel-
opment of such anisotropy requires nonlinearity of the
stress–strain relationship in order that individual crystal
grains may be aligned by the ambient shear. Although
direct laboratory measurements on the creep of Earth
materials at lithospheric depths where the pressures and
temperatures are low provide useful confirmation of the
seismic observations, they are much less illuminating for
the Earth’s deep mantle because of the extreme conditions
under which measurements must be made.

Natural experiments
In order to obtain useful estimates of the viscosity at
depths below the lithosphere we are obliged to employ
the results of “natural experiments” that the Earth itself
has performed throughout its history and for which it has
also conveniently remembered the results through the
fidelity of the geological recording system. The most
important such experiment is that associated with the
Late Quaternary ice-ages, especially the quasi-periodic
sequence of glaciation-deglaciation events that began
about 900,000 years before present and during which mas-
sive accumulations of land ice began to appear and disap-
pear from the continents, especially at high northern
latitudes. Insofar as deep Earth rheology is concerned,
these events may be thought of as comprising an experi-
ment during which extreme normal stresses were applied
to localized regions of the Earth’s surface and thereafter
removed. Because the residence time of the land ice on
the surface of the continents was sufficiently long, the
response to the applied normal stresses was such as to
induce a response of the loaded viscoelastic mantle that
involved significant viscous flow. This suggests the possi-
bility that the geological data that represent the Earth’s
record of its response to the time-varying ice load might
be interpreted to infer the value of the viscosity that
governs the viscous component of the response. Also of
interest is the question as to whether the viscosity so
inferred is compatible with the requirements of the mantle
convection explanation of surface kinematic observations
related to the process of plate tectonics.
Mantle viscosity from glacial isostatic adjustment
Observational data sets
Figure 2 shows examples of critical data related to the Gla-
cial Isostatic Adjustment (GIA) process along with
a comparison of maps of the ice-covered regions of the
planet under both modern conditions (a), and the condi-
tions that prevailed at the last glacial maximum (LGM)
approximately 21,000 years before present (b). Figure 2c
shows an extremely important data set for the history of
sea level change relative to the surface of the solid Earth
at the island of Barbados (Peltier and Fairbanks, 2006).
This record covers the interval of time from LGM to the
present and has been produced by the uranium/thorium
dating of corals, the species Acropora Palmata being the
most important as it inevitably dwells within 5 m of the
surface of the sea while it remains an open system. These
data correlate well with the record of ice-equivalent
eustatic sea level history and demonstrate that sea level
has risen at Barbados by approximately 120 m since
LGM. The Barbados data provide a strong constraint on
the total mass of ice that must have been removed from
the land in order to cause the rise of sea level observed.
In Figure 2 (d1,d2) are shown observations of relative
sea level history from sites that were located near the cen-
ter of the regions in North America and Eurasia respec-
tively that were covered by glacial ice at LGM (Peltier,
1998). Whereas the Barbados data record the extent to
which sea level was depressed at LGM, these data from
the previously ice-covered regions demonstrate that sub-
sequent to the removal of the ice, the land in these regions
has been rising out of the sea. This is the process referred
to as postglacial rebound of the crust. The data shown in
Figure 2 (d1,d2) may be quantitatively analyzed (Peltier,
1998) to extract information about the amplitude and the
relaxation time of the individual sea level cuves and thus
the viscosity of the Earth’s mantle. The relaxation time
data depend almost entirely on the mantle viscosity. Data
such as these from hundreds of locations constitute one
of the primary data sets that may be invoked to constrain
the viscosity model of the Earth’s mantle.

The remaining data related to the GIA process that have
come to play an increasingly important role in such
analyses are those related to the Earth’s rotational state.
Figure 3 illustrates the first of these additional constraints.
It shows the time-dependent position of the Earth’s north
pole of rotation in a coordinate system with x- and y-axes
centered upon the Conventional International Origin
(Vincente and Yumi, 1969, 1970). Inspection of the time
series in the period between 1900 and 1979, at which time
the International Latitude Service, which was responsible
for maintaining these measurements, was discontinued,
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shows that the signals are dominated by “beating” at
a period very close to 7 years. This is associated with the
interference between the 12-month periodic annual wob-
ble of the spin-axis forced by the seasonal variations of
the atmosphere and oceans and the 14-month periodic
Chandler wobble. The component of these observations
that is of interest from the perspective of mantle viscosity
measurement, however, consists of the slow secular drift
of the pole upon which the oscillatory component is
superimposed. These data reveal the secular drift of the
pole at a rate near 0.95
/m.y. approximately along
the 79
W meridian, i.e., in the direction of present day
Hudson Bay. The rate of this “true polar wander” provides
a further constraint upon the viscosity of the Earth’smantle.
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The final observational datum that may contribute to
the estimation of mantle viscosity consists of the “nontidal
acceleration” of planetary rotation. This datum is illus-
trated in Figure 4 where specific times of occurrence of
total eclipses of the Sun and the Moon are plotted as
a function of time spanning the past 2,000 years of the
Earth’s history covering the periods in both Babylon and
China during which naked eye astronomers both recorded,
and attempted to make predictions of, the timing of these
“epochal” events (from Stephenson and Morrison,
1995). These observations are compared with expecta-
tions described by two essentially parabolic curves. The
curve that does not go through the data is based on the
assumption that only tidal friction has contributed to vari-
ations in the Earth’s rate of rotation over this period and
that this has remained equal to its present day value,
a reasonable assumption. Because the predicted times of
occurrence of total eclipses of the Sun and the Moon do
not agree with expectations based on this assumption,
some physical process is missing. The nature of the misfit
of this model to the data implies that the action of the miss-
ing process is such as to somewhat counteract the influ-
ence of tidal friction by decreasing the rate at which
angular velocity would otherwise decrease. This is called
the nontidal acceleration of rotation and it too is
a consequence of ice-age loading and unloading of the
continents. The curve in Figure 4 that does go through
the data provides a precise measurement of this ice-age
influence and this may also be employed to constrain the
viscosity of the Earth’s mantle.

Results of formal inversion
Models of mantle viscosity may be obtained by formal
inversion of the totality of the data related to the Late
Quaternary ice-age cycle. It is important to note that each
of these data samples the viscosity structure of the deep
Earth in a different fashion. The postglacial rebound data
from the Fennoscandia region, which was covered at
LGM by an ice sheet of moderate horizontal scale, provide
information on the viscosity of the upper mantle and tran-
sition zone. Data from North America, on the other hand,
where the Canadian land mass was entirely covered by the
vast Laurentide ice-sheet complex at LGM provide infor-
mation from depths that extend well into the upper part of
the lower mantle. Below a depth of approximately 1,200
km, only Earth rotation data provide any constraint upon
the viscosity of this deepest region that extends to the
depth of the CMB (Peltier, 1998).

Figure 5 shows a series of the earliest inversion results
(Peltier, 1996) based on the application of a formal Bayes-
ian methodology to the simultaneous inversion of all of
the data types. For the purpose of these analyses, an initial
guess profile (VM1) was assumed and the data were
inverted to deduce a best fitting viscosity model. In the
model, a 120-km-thick perfectly elastic lithosphere was
included on the top of the viscous mantle and so viscosity
was inferred as a function of depth only below this level.
That such an elastic surface layer should exist is rational
on a priori grounds due to the fact that interior tempera-
tures in the near-surface region are so low that viscosity
is effectively infinite, thus rendering this layer perfectly
elastic. Use of rebound data to provide a direct measure-
ment of lithospheric thickness requires recourse to the
incorporation of additional data from the rebound process
induced by the removal of ice sheets of sufficiently small
lateral extent. Peltier et al. (2002) employed data associ-
ated with the rebound of Scotland following removal of
the Scottish ice sheet that was in place over this region at
LGM for this purpose. Peltier and Drummond (2008) on
the other hand employed horizontal motion data from
locations outboard of the Laurentide ice sheet for the same
purpose. The model labeled VM2 in Figure 5 was
obtained from a Bayesian inversion from which the true
polar wander data were held back so as to provide the basis
for a check on the quality of the results for the deepest
mantle that the analysis delivered.

Sensitivity analyses performed by adjusting the magni-
tude of the observed rate of nontidal acceleration to mimic
the influence of a contamination of this observation by the
modern melting of land ice from the Polar Regions reveal
that the viscosity of the lower mantle is strongly sensitive
to this parameter. The model obtained by assuming that
polar ice is melting at a rate sufficient to raise global
sea level by 1.5 mm/year is the model labeled VM3 in
Figure 5. The viscosity in the region shallower than
	1,250 km depth remains “pinned” to the previously
determined depth dependence by the relaxation time con-
straints derived from observations of the rebound of the
crust in both North American and Northwestern Eurasia.
This clearly implies that below the depth of 	1,250 km,
it is only the Earth rotation constraints that deliver infor-
mation on mantle viscosity.
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This sets the stage for a focused attempt to measure any
variation of viscosity that might exist in the deepest Earth.
To this end, Figure 6 illustrates a two-layer parameteriza-
tion of the mantle below the critical depth of 	1,250 km
in which a multilayer parameterization of VM2, called
VM5a, is perturbed by varying the viscosity of the two
lowermost layers; the D” layer assumed to be 300-km
thick, and the lower mantle layer (layer-2) extending from
1,250 km depth to the top of D”. A sequence of such
models can be fitted to both the nontidal acceleration
and polar wander speed. It is found that for each value
assumed for D” viscosity, it is possible to find
a corresponding value for the viscosity of layer-2, which
enables the model to fit both rotational observables.
Figure 7a provides a summary diagram illustrating the
manner in which the viscosity of D” trades off against
the viscosity of layer-2 (Peltier and Drummond, 2010).
As the viscosity of D” decreases, the viscosity of layer-2
first increases as expected in order to recover the fit to
the observations. However, once the viscosity of D” is
assumed to be sufficiently low, as to be behaving as
though it were inviscid, the allowed value of the viscosity
of the overlying layer saturates as would be expected on
physical grounds. Figure 7b shows the manner in which
the prediction of polar wander direction varies for the set
of models that provide satisfactory fits to both of the rota-
tional constraints. Since it is the ILS data that correctly
capture the direction of true polar wander associated with
ancient ice-age influence, it will be clear that the preferred
model is one for which the viscosity of D” is only mod-
estly reduced relative to a viscosity of the overlying layer
that is itself only modestly enhanced relative to that in the
same region of VM5a.
Compatibility of the GIA-based viscosity model
with that required by models of the mantle
convection process
Early efforts to determine the viscosity of the Earth’s man-
tle based on GIA data (e.g., Walcott, 1970) appealed to the



3,400
20.0

20.5

21.0

21.5

Lo
g 

(V
is

co
si

ty
 (

P
a 

S
))

22.0

22.5

4,000

VM1

VM2

VM3

4,600 5,200
Radius (km)

5,800 6,400

Mantle Viscosity, Figure 5 Models of themantle viscosity as a function of depth obtained by formal Bayesian inversion of the glacial
isostatic adjustment data.

V
is

co
si

ty
 fo

r
la

ye
r 

2 
ab

ov
e 

C
M

B

VM2

VM5a

01,000
Depth (Km)

2,0003,000

1017

1018

1019

1020

V
is

co
si

ty
 (

P
a 

s)

1021

1022

D″ models

D
″ 

vi
sc

os
ity

Mantle Viscosity, Figure 6 A family of mantle viscosity models
for the D” layer and the layer-2 above CMB. In these models, the
lithosphere consists of two distinct units. The upper 60-km-thick
unit is assumed as perfectly elastic whereas the lower 40-km-
thick unit has a viscosity of 1022 Pa.s.

1021
J2 < −3.2 * 10−11/yr

and/or
pw-speed < 0.85 deg/Myr

J2 > −2.4 * 10−11/yr
and/or

pw-speed > 1.1 deg/Myr

ILS = 79.9°

Hipparcos = 79.2°

2 10
Viscosity of layer 2 above CMB (*1021 Pa s)

864

1020

1019

1018

1017

80

79

P
W

 a
ng

le
(D

eg
re

es
 W

)

78

D
″ 

vi
sc

os
ity

 (
P

a 
s)

a

b

Mantle Viscosity, Figure 7 (a) A trade-off diagram describing
the relationship between the viscosity assumed for the D” layer
and that of the layer-2 that is required in order that both
observables are fit by the samemodel of the GIA process. (b) The
predicted direction of polar wander for the above models. Also
shown is the observed direction consistent with the
International Latitude Service (ILS) data set.

874 MANTLE VISCOSITY
observed magnitude of the free-air gravity anomaly over
the Hudson Bay region to argue that the magnitude of this
anomaly provided strong evidence that the viscosity of the
deep Earth was much higher than implied by the analyses
described in the previous section. This anomaly, based on
the GEM-T2model of the Goddard Space Flight Center, is
shown in Figure 8a. The anomaly has a magnitude of
approximately �30 milligals when the field is restricted
to include only spherical harmonic degrees 2 through 8.
When the VM2 viscosity model derived by GIA analysis
was used in conjunction with an acceptably accurate
model of ice thickness history, the predicted free-air
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gravity anomaly had peak amplitude of only�3 milligals.
This issue concerning the origin of the free-air gravity
anomaly, which is well correlated in its location with that
of the LGM Laurentide ice sheet, has been analyzed in
detail by Pari and Peltier (1995, 1996, 1998, 2000). Their
work focused on the viability of the alternative hypothesis
that the anomaly was supported by the mantle convection
process. Models of mantle convection incorporating
the results of seismic tomography (Forte et al., 1994)
and based on internal loading theory were developed and
applied in analyses of the non-hydrostatic geoid and
free-air gravity anomalies that would be supported by this
mantle dynamic process. In the context of internal loading
theory for an Earth model with spherically symmetric
viscosity distribution, there are only two distinct parame-
ters that need to be specified. The first one is the
depth-dependent mapping factor through which the het-
erogeneity in seismic shear wave velocity is converted
into lateral heterogeneity of density and the second is the
depth dependence of mantle viscosity. Results were
obtained for three different values of the S-wave velocity
to density conversion factor in the subcontinental
“tectosphere”; �0.3 (positive buoyancy, upwelling flow),
0.0 (neutral buoyancy), and +0.3 (negative buoyancy,
downwelling flow). Of the three scenarios, the last model
has provided an excellent fit to the free-air gravity anom-
aly (Figure 8b) and 24 milligals of the 30 milligal free-
air anomaly over Hudson Bay could be explained by the
mantle convection hypothesis. It needs to be understood
that there has been no attempt to tune the model to achieve
a best fit locally. Rather the model has been optimized to
achieve a best fit to the entire global gravity field. It seems
clear on the basis of these results that the free-air gravity
anomaly over the Hudson Bay region is essentially
entirely due to the mantle convection process. Therefore,
the original argument of Walcott (1970) that this anomaly
must be due to remaining glacial isostatic disequilibrium
and to imply that the viscosity of the mantle of the Earth
must be extremely high, is not supported. It seems rather
to be explicable as a consequence of thermal convection
in a mantle through which the variation of viscosity is
rather modest.

The viscosity profile that delivers the high-quality fit to
the free-air anomaly of the North American continent is
shown in Figure 9 by the dotted line along where it is com-
pared to the GIA-derived model VM2. There are two
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primary differences between these profiles which are oth-
erwise extremely close to one another. The first is the
structure near the base of the mantle. Evident is the pres-
ence of the low viscosity region adjacent to the CMB
above which viscosity is enhanced above the level in the
VM2 model. The second difference appears in the form
of a very soft thin layer coincident with the 660 km discon-
tinuity corresponding to the endothermic phase transfor-
mation from Spinel to a mixture of Perovskite and
Magnesiowustite. This phase transition acts as a signifi-
cant, though imperfect, impediment to convective mixing.
When mixing does occur across the boundary, however,
a significant change in grain size is expected, which leads
to the transformational super-plastic softening of the min-
eral assemblage in the near vicinity of the boundary.
An outstanding issue in mantle dynamics concerns the
dynamical impact of this feature on the mixing process.

Summary
This article has reviewed the main sources of information
on the viscosity of the deep Earth. These sources consist of
data pertaining to the phenomena of postglacial rebound
and mantle convection. In spite of modest differences
between the models of mantle viscosity depth dependence
derived in distinct ways, the overwhelming evidence is
that the depth dependence of viscosity derived on the basis
of GIA observations is in close accord with that required
by the mantle convection hypothesis explanation of sur-
face plate tectonics and continental drift.
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Definition
The boundary element method is a numerical technique
for investigating deformation within the Earth. The
method is particularly adept at investigations of disconti-
nuities in the crust, such as cracks, faults, and dikes. The
numerical method is able to analyze complex problems
by discretizing the surfaces of the discontinuities into
small elements and solving the problem piecewise.

Introduction
The boundary element method (BEM) is one of several
numerical methods used to investigate deformation within
the Earth. The principal difference between boundary
element method and most other numerical methods of
continuum mechanics, such as the finite element method
(FEM), is that only the boundaries of the deforming body
need to be meshed (Figure 1). While other methods
require meshing the entire volume of the deforming body
into two-dimensional (2D) or three-dimensional (3D)
elements, the BEM only requires discretization of the
boundaries (e.g., fractures, bedding planes, or external
boundaries) into one-dimensional (1D) or 2D elements.
Minimizing discretization decreases model building and
run time as well as errors due to discretization (Crouch
and Starfield, 1990). The greatest advantages of BEM
modeling in geophysics are that (1) very complicated
surface geometries, such as undulating fault surfaces,
can be incorporated and (2) the method can readily accom-
modate fracture propagation by addition of new elements
(Figure 1). The disadvantages of BEM are (1) that the
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
stiffness matrix relating stresses to strains on the elements
is non-sparse so that inverting the matrix to find stresses
can be very CPU intensive and (2) heterogeneous material
properties are more complex to incorporate in BEM than
methods that utilize volume discretization, such as FEM
(Becker, 1992).

How does BEM work?
BEM models are based on the solution to Kelvin’s
problem for the deformation due to a point load within
a body. The solution provides the stresses and displace-
ments everywhere due to the point load. We can calculate
the effects of distributed loads by integrating the point
force. When the loads are applied over discrete elements,
the relationships between the displacements at one ele-
ment due to loads at another are used to build an influence
coefficient matrix. When either the displacements or trac-
tions are prescribed to all elements that comprise the BEM
model, the method will solve for the unknown element
tractions or displacements via the influence coefficient
matrix. Once all the displacements and tractions along
the boundary elements are known, the stresses and strains
at any point within the body can be calculated using the
solution of Kelvin’s problem. So unlike FEM, where
solutions are calculated at each node within the element
mesh, within BEM, problems displacements and stresses
can be calculated at any point within the body, once
all the tractions and displacements along the elements
are known.

Two variations of BEMs are commonly used, the
fictitious stress and displacement discontinuity methods.
The fictitious stress method is based on Kelvin’s problem
and applies uniform tractions along each boundary ele-
ment. In contrast, the displacement discontinuity method
applies displacements along each element such that the
difference in displacement form one side of the element
to the other is constant along the boundary element
90-481-8702-7,
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(Figure 2). While fictitious stress method works well for
homogeneous bodies under external loads, the displace-
ment discontinuity method is better suited for problems
of solid bodies containing cracks (Crouch and Starfield,
1990). For this reason, the displacement discontinuity
method is more common for geophysical analyses, which
investigate deformation associated with dikes, sills,
microcracks, joints, and faults within the Earth.

What can BEM do?
Boundary element method codes using the displacement
discontinuity formulation have been developed to solve
both two-dimensional (e.g., Crouch and Starfield, 1990
and three-dimensional problems (Okada, 1992; Thomas,
1993; Meade, 2007). Two-dimensional formulations
use a linear dislocation for each element while three-
dimensional formulations utilize either rectangular dislo-
cations (Okada, 1992) or angular dislocations (Cominou
and Dundurs, 1975) that can be assembled to form trian-
gular elements of constant displacement discontinuity
(Thomas, 1993; Meade, 2007). The advantage of triangu-
lar elements over rectangular elements is that complex
nonplanar surfaces can be meshed without creating loca-
tions of overlaps and gaps.

Important refinements to the basic displacement dis-
continuity method for investigation of problems in geo-
physics include incorporation of frictional slip along
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crack elements and prevention of interpenetration of
crack walls during compressive loading of cracks. These
refinements facilitate investigation of deformation associ-
ated with subsurface faults and joints. Algorithms for
preventing interpenetration include the penalty method
(Crouch and Starfield, 1990; Cooke and Pollard, 1997)
and the complementarity method (Maerten et al., 2010).
The penalty method employs normal and shear stiffness
to each element to prevent interpenetration. The comple-
mentarity method uses an iterative solver to solve the
inequality that opening should be equal to or greater than
zero along each element (Maerten et al., 2010).

Heterogeneous properties can be incorporated within
BEM formulations by way of a contact boundary. Stresses
and displacements are prescribed to be uniform across the
boundary between otherwise homogeneous portions of
the model. With this constraint along the boundary, the
solution for each homogeneous section is found sepa-
rately. This approach has not been widely applied because
it is difficult to implement; finite element methods are
generally believed to be better suited for heterogeneous
properties.
Applications of the boundary element method
In most BEM implementations, gravitational body forces
are superposed onto the solution to the applied loading.
This precludes direct investigation of problems related
to topographic loading. However, Martel and Muller
(2000) developed a formulation for analyzing topographic
stresses using a long stress-free crack to simulate the
topography.

Investigations of fluid flow through fracture networks
has benefited from the surface discretization approach
of the boundary element method. Models of subsurface
flow through fracture networks utilize a boundary element
method model that incorporates fluid flow along each
element (e.g., Dershowitz and Fidelibus, 1999). Such
approaches can permit the full coupling of mechanical
deformation and fluid flow.

The boundary element method has found widespread
use in the subfield of structural geology for solving prob-
lems of deformation and propagation of opening mode
and sliding mode fractures (e.g., joints and faults). Both
forward and inverse modeling techniques have utilized
the boundary element method. Forward models apply
loading to the crack system to determine the resulting
deformation of the system. Such investigations may
explore the development of secondary cracks around
a fault or the aperture of a hydraulic fracture. In contrast,
inverse models start with the observed deformation and
invert to find the slip on the fault or opening on the crack
that must have produced the observations. For example,
deformation observed along the surfaces of the earth via
GPS stations velocities or InSAR imagery can be inverted
to find the slip distribution on the underlying fault (e.g.,
Maerten et al., 2005).
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Definition
Computational domain. A bounded spatial region where
a partial differential equation is solved.
Dirichlet boundary condition. A condition imposed
directly on the unknown of the differential problem, also
called essential boundary condition.
Neumann boundary condition. A condition imposed on
the fluxes associated to the differential problem at hand,
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that is, stresses, heat flux, etc. Also called natural bound-
ary condition.
Parallel computer. A computer with more than one
processing unit capable of computing operations
concurrently.
Parallel computation. A numerical procedure executed on
a parallel computer.
Preconditioner. In the context of the solution of a linear
system by an iterative method, a preconditioner is an eas-
ily invertible matrix spectrally similar to the matrix
governing the problem.
Introduction
Domain Decomposition (DD) method is a technique for
the solution of partial differential equations which can be
instrumental to the development of parallel computations.
It can be used in the framework of discretization methods,
for example, finite elements, finite volumes, finite differ-
ences, or spectral element methods.

It is based on the reformulation of the given boundary-
value problem on a partition of the computational domain
O intoM subdomainsOi, with i = 1, . . . ,M. TypicallyM is
also the number of processors at disposal, even if it is pos-
sible to have more subdomains per processor.

The DD method also provides a convenient framework
for the solution of heterogeneous or multi-physics prob-
lems, that is, those that are governed by differential equa-
tions of different kinds in different subregions of the
computational domain. In this case, the subdomains con-
form with the subregions. In this work, however, we will
address only homogeneous DD methods, yet some of the
concepts presented here may be readily adapted for the
nonhomogeneous case.
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disjoint subdomains.
We will refer to a partial differential equation of the
form

�divðTðuÞÞ ¼ f in O (1)

with suitable boundary conditions on @O.
For instance, in a problem of elastostatic, u is the dis-

placement and T(u) the stress tensor; in a heat conduction
problem u is a scalar variable, the temperature, and T the
Laplace operator. With a rather similar formalism we
may also account for the Stokes problem. The method is
in fact applicable also to time-dependent problems, since
in most cases the time advancing scheme required by the
numerical simulation leads eventually to a sequence of
problems of type (1). For instance, if we consider the evo-
lution equation

@tu� divðTðuÞÞ ¼ f ;

a time discretization by the implicit Euler method leads to
solve for the unknown un at each time step tn a differential
problem of the type

un � dtdivðTðunÞÞ ¼ dtf n þ un�1:

It is still of the form (1) with div(T) replaced by dt div

(T) � I, dt being the time step and I the identity operator.
A similar form is obtained also for the elastodynamic
equations, discretized in time, for instance, by a Newmark
method (Quarteroni and Valli, 1994).

Typically, and for evident practical reasons, the parti-
tion into subdomains is made after having triangulated O
into a finite element mesh th, each subdomain being in fact
formed by a set of elements of the original grid (see
Figure 1). The partition is often made automatically, using
libraries like METIS (Karypis and Kumar, 1998b) or
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PARMETIS (Karypis and Kumar, 1998a), the latter able to
exploit a parallel architecture also for this preprocessing
stage.

More in particular, there are two ways of subdividing
the computational domain into subdomains. The first uses
disjoint subdomains, whereOi\Oj =Ø for i 6¼ j. Here, the
interface between subdomains reduces to surfaces (in 3D),
and lines (in 2D). The second strategy adopts overlapping
subdomains, usually built by letting the subdomains of an
initial nonoverlapping partition grow of a certain factor d.
In most of the cases d is dictated by the number of “layers”
of grid elements that are added to the original partition.
The minimal overlap is of one element, like that shown
in Figure 1. For a more complete review of DD methods
one may refer to (Smith et al., 1996; Quarteroni and Valli,
1999; Wohlmuth, 2001; Toselli and Widlund, 2005;
Mathew, 2008); several examples with emphasis on paral-
lel computations are reported, for instance, in (Bruaset and
Tveito, 2006).

Algorithms without overlap
We indicate with Gij the interface between subdomains
Oi and Oj and we set G = [ijGij. We exploit the fact that
problem (1) is equivalent to solving the following
M coupled problems for i = 1, . . . , M,

�divðTðuiÞ ¼ f i in Oi (2)

with the same boundary conditions of the original problem
applied to @Oi \ @O, while on each Gijwe set the continu-
ity of the local solutions ui and of the fluxes, that is,

ui ¼ uj; TðuiÞ � nij þ TðujÞ � nji ¼ 0; (3)

where nij is the normal to Gij outward oriented w.r.t. Oi. It
may be proved that ui = u|Oi (Quarteroni and Valli, 1999).

Problems (2) are coupled because of relations (3).
A parallel algorithm may be obtained by an iterative
procedure where conditions (3) are enforced in such
a way to generate at each iteration decoupled problems that
can be run on different processes, with only a small amount
of communication needed at the beginning of each itera-
tion. For the sake of space we give an example of just
one of these procedures, called Dirichlet-Neumann
for the case of two subdomains O1 and O2. Starting
from a guess for uð0Þ1 and uð0Þ2 , the algorithm solves for
k = 1, 2, . . . the following sequence of independent
problems,

�divðTðuðkþ1Þ
1 Þ ¼ f 1; in O1;

uðkþ1Þ
1 ¼ yuðkÞ2 þ ð1� yÞuðkÞ1 ; on G12

(
and

�divðTðuðkþ1Þ
2 Þ ¼ f 2; in O2

Tðuðkþ1Þ
2 Þ � n21 ¼ TðuðkÞ1 Þ � n21 on G12:

(

until a measure of the difference uðkþ1Þ
1 � uðkþ1Þ

2 on G12 is
below a given tolerance; y here is a convenient relaxation
factor. The Dirichlet-Neumann technique is not easily
extendable to an arbitrary number of subdomains (unless
suitable coloring techniques are used) and its convergence
characteristics strongly depend on the geometry of the
subdomains as well as on the possible jump of characteris-
tic coefficients (for instance, the viscosity of different
rocks forming a sedimentary basin). Other more favorable
techniques like the Neumann-Neumann, Robin-Robin,
and FETI methods are described in (Quarteroni and Valli,
1999; Wohlmuth, 2001; Toselli and Widlund, 2005).

The DD method may be also set from an algebraic
viewpoint. Indeed when discretized, for instance, by
a finite element method, (2) and (3) reduce to a system
of linear equations, which may be written in a block
form as

AII AIG

AGI AGG

� �
uI
uG

� �
¼ f I

f G

� �
;

where AII is a block diagonal matrix with M blocks of
dimension equal to the number of unknowns internal to
each subdomain, the latter being collected in uI, while
uG is the vector of unknowns on the interface G. If AII is
invertible (and normally this is the case), we may obtain
a problem for the uG only (Schur complement system),
SGuG = xG, where SG ¼ AGG � AGIA�1

II AIG is the so-
called Shur complement matrix w.r.t. AGG. Having solved
for uG the computation of uI can be done in a perfect
parallel fashion by solving the block diagonal problem
AIIuI = fI � AIGuG.

A DD scheme with no overlap may be interpreted as
preconditioned iterative scheme (Quarteroni and Valli,
1994; Quarteroni, 2009) for the Schur complement sys-
tem, where the preconditioner can be efficiently applied
in a parallel setting. A crucial issue for parallel computing
is that of scalability. In the DD setting, an algorithm is said
to be scalable if its convergence properties do not depend
on the number of subdomainsM, and in particular does not
degrade if we keep the ratio M/N between number of
subdomains and the total number N of unknowns of our
problem fixed. Indeed in this case (if we neglect commu-
nication overheads), we may solve in the same time
a problem twice as large by doubling the number of
processors.

A scalable parallel preconditioner cannot be built using
only local (i.e., at the subdomain level) approximations of
the Schur matrix; we need to add also a coarse operator
that has the role of transferring information among far
away subdomains. The typical form of the preconditioner
is (we write directly the inverse operator since it is the one
actually required by the iterative procedure (Quarteroni
et al., 2007))

P�1
S ¼

XM
i¼1

RT
i S

�
i Ri þ RT

0S
�
0R0; (4)

where Ri is a restriction operator that selects from all the
uG those local to the i-th subdomain, and S�

i is a local
approximation of the inverse Schur matrix, which
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typically can be built using just data related to the i-th
subdomain (and thus in parallel). Finally, S�

0 is the coarse
operator, of small dimension (typically of the order ofM ),
whose role is to guarantee the coupling among all
subdomains and it is necessary for scalability. The applica-
tion of the preconditioner (i.e., the computation of P�1

S x,
where x is any vector of the right length), can be done in
parallel a part from the coarse operator, which however,
being small in size, is irrelevant in the computational cost
balance. Several scalable preconditioners are available,
see (Toselli and Widlund, 2005) and (Canuto et al., 2007).
Methods with overlap
A typical DD scheme with overlapping subdomains is the
Schwarz method. In its basic form, it is an iterative algo-
rithm for the solution of (1) that for k = 1, 2, . . . solves
a series of local problems on each subdomain Oi, where
on the nonempty interfaces Gij = @Oi \ Oj we apply
Dirichlet boundary conditions using the latest values
available from Oj, that is,

�divðTðuðkþ1Þ
i Þ ¼ f i; in Oi;

uðkþ1Þ
i ¼ uðkÞj ; on Gij:

(

The iteration continues until the difference between two

successive iterations is sufficiently small. The conver-
gence analysis of the Schwarz method may be found in
(Smith et al., 1996; Quarteroni and Valli, 1999; Toselli
and Widlund, 2005), and in (Canuto et al., 2007) in the
context of spectral element discretizations.
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The method is seldom used in this form, however. Yet,
it is probably the most adopted method to build parallel
preconditioners for an iterative solver of the global prob-
lem, giving rise the so-called Krylov-Schwarz (for linear
problems) and Newton-Krylov-Schwarz methods.

A Schwarz parallel preconditioner PS may be written
similarly to (4), that is,

P�1
S ¼

XM
i¼1

RT
i A

�1
i Ri þ RT

0A
�1
0 R0;

where here the restriction operator Ri extracts from
a vector of length N the elements corresponding to the
unknowns internal to the extended subdomain Oi,
Ai ¼ RiART

i is the local matrix extracted from the matrix
A of our problem, and finally A0 is again a global coarse
operator of size of the order M needed for scalability, R0
being the corresponding restriction matrix.

Again, apart from the coarse operator, the computation
of P�1

S x can be done in parallel since the matrices Ai are
local, and can be handled by each processor.

Application to geophysical and geological
problems
DDmethods have been applied successfully in the context
of geophysical problems, like acoustic and elastodynamic
wave propagation (Faccioli et al., 1997), or full-waveform
tomography (Sourbier et al., 2009).

It has been also applied to speed up the simulation of
the evolution of sedimentary basins. Here, different types
of sediments, such as gravel, sand, rocks, and biological
Layer

2.69 Mya

10.82 Mya

Horizon

ated evolution of a salt diapir. In the first graphic, the
ther pictures show snapshots of the evolution of the salt
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remains that have been transported by the wind, the rivers
and, sometimes, by the sea, accumulate, are buried deeper
and deeper, and are transformed eventually into rocks by
a complex process of compaction and diagenesis.

On geological scales, the evolution of a sedimentary
basin may be tackled by a fluid approach where each rock
layer is modeled as a viscous fluid. This is particularly
convenient in the presence of salt tectonics (Massimi
et al., 2007).

The computational domain O is split in several
subdomains Oi, which usually correspond to the rock
layers, as shown in Figure 2. At each time step, we have
to solve in the domain O a Stokes problem, possibly with
non-Newtonian rheology, to compute the instantaneous
velocity field,

�divðTðvÞÞ þ Hp ¼ f ;
divðvÞ ¼ f;

@r
@t þ ðvHÞr ¼ 0:

8<
: (5)

Here, v is the velocity, p the pressure, f the external

gravitational field, and r the density. The stress tensor T
depends on characteristics of the rocks, such as viscosity
and density, which may be discontinuous across layers.
The function f may account for compaction processes,
or may be simply set to zero when the hypothesis of
isochoric flow is acceptable. The last equation describes
the evolution of the density, which is simply advected by
the velocity field. The presence of faults is accounted for
by appropriately reducing the rock viscosity in the vicinity
of the faults.

The movement of the layers has been tracked using
a level set technique. A finite element scheme has been
adopted for the discretization of the Stokes problem, while
a conservative finite volume scheme has been used for the
tracking of the layer interfaces. The parallel implementa-
tion has been carried out with the help of the TRILINOS
library (Heroux et al., 2005), using a Schwarz algorithm
with a coarse operator built by aggregation (Sala, 2004).

Figure 2 shows the evolution of a salt dome. Salt is less
compressible than the surrounding rock, so during the sed-
imentation process it ends having a smaller density than
the overburden. We are then facing a Rayleigh-Taylor
instability and any small perturbation will cause the salt
to rise, with large movements that causes the so-called salt
diapirism.
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Definition
Finite-difference method. A method to approximate deriv-
atives between neighboring points in a grid. The method
can be applied to solve partial-differential equations, such
as the wave equation.
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Introduction
The finite-difference (FD)method is among themost com-
monly used methods for simulating wave propagation in
a heterogeneous Earth. In this article, we describe the FD
method for modeling wave propagation on Cartesian grids
in acoustic, elastic isotropic, elastic anisotropic, as well as
viscoacoustic/elastic media. The basic equations for wave
propagation can be formulated in various formally equiv-
alent ways. We will restrict our description to systems of
first-order partial-differential equations with pressure/
stress and particle velocities as wavefield variables. Due
to its versatility, attractive stability, and dispersive proper-
ties, particularly for modeling wave propagation in elastic
media, this formulation has been by far the most popular
formulation over the last several decades. A more exten-
sive review of the FD method is given by Moczo et al.
(2007).

We start with a brief review of wave propagation theory
and introduce some fundamental concepts including the
basic structure (staggering) of the FD grid. In the follow-
ing two sections, we discuss the choice of FD approxima-
tion and introduce two basic numerical properties of the
FD method: numerical dispersion and stability. The last
two sections are devoted to different boundary conditions
and source implementations.
Theory of wave propagation and fundamental
concepts
We focus on wave propagation in 3D Cartesian coordi-
nates with coordinate axes (x, y, z). The special cases of
1D or 2D can easily be generalized from the expressions
presented here, for example, in 2D, omitting terms or
expressions containing components in the y-direction.
The particle velocity wavefield is denoted by
~v ¼ ðvx; vy; vzÞ. In acoustic media, the second wavefield
variable is the scalar quantity pressure, p, whereas in elas-
tic media it is the (symmetric) stress tensor, S. We will
often be representing stresses and particle velocities using
stress and strain vectors defined as (the so-called Voigt
notation):

~s ¼ sxx syy szz syz sxz sxy
� �T

and

~e ¼ exx eyy ezz 2eyz 2exz 2exy
� �T

;

where the strain vector is related to the particle velocity
vector components through:

@t~e ¼ @xvx @yvy @zvz @zvy þ @yvz @zvx þ @xvz
�

@xvy þ @yvx
�T
:

The system of equations for wave propagation consists of

two (dependent) sets of equations. First, the equation of
motion (or Newton’s second law):
r
@

@t
~v ¼ H � S þ~f ; (1)

where r is the density of the medium, H � S denotes diver-
gence of the stress tensor and ~f is a point-force source
(source formulations driving the FD simulations will be
described in detail later). In an acoustic medium, only
the diagonal elements of the stress tensor are non-zero
and equal to the negative pressure � p.

The second set of equations for wave propagation is the
constitutive stress–strain relation:

@

@t
~s ¼ C

@

@t
~e; (2)

where C is the 6-by-6 stiffness matrix. For an elastic iso-
tropic medium, the stiffness matrix takes the form:

C ¼

lþ 2m l l 0 0 0
l lþ 2m l 0 0 0
l l lþ 2m 0 0 0
0 0 0 m 0 0
0 0 0 0 m 0
0 0 0 0 0 m

0
BBBBBB@

1
CCCCCCA
; (3)

whereas in a general anisotropic medium, all components
of the stiffness matrix may be non-zero. As we shall see,
this has profound implications on the choice of grid geom-
etry to discretize the constitutive relation. Finally,
although redundant, the acoustic constitutive relation can
also be written using the notation of the stiffness matrix
and the stress–strain constitutive relation. As noted above,
instead of a stress vector with three independent compo-
nents, we obtain:

~s ¼ � p p p 0 0 0ð ÞT : (4)

In an acousticmedium, only the (3-by-3) upper left quadrant

of the stiffness matrix is non-zero with all elements equal
and identical to the bulk modulus of the acoustic medium
k. Clearly this results in three identical equations – the
familiar Hooke’s law: @

@t p ¼ �kH �~n:
The FD method comprises solving Equations 1 and 2

by discretizing them in time and space and stepping for-
ward in small incremental time steps. In particular, the
exact choice of discretization in space turns out to be of
fundamental importance. The so-called staggered grid
was introduced for modeling isotropic elastic wave propa-
gation by Virieux (1984, 1986) and Levander (1988,
1989). In the following, we will be referring to this as
the Virieux grid. The choice of this grid results in schemes
with attractive stability and dispersion properties, which
other non-staggered grids do not necessarily possess.
FD approximations to first-order derivatives naturally
result in outputting the derivative of the wavefield at
a location in between the discretized wavefield. By
shifting the exact location of individual wavefield compo-
nents by half a grid step in certain directions within each
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grid cell, it is possible to ensure that spatial derivatives can
be computed exactly at the locations where they are
needed to advance canonical wavefield quantities in time
using Equations 1 and 2. The structure of the Virieux stag-
gered grid is illustrated in Figure 1a. The Virieux grid is
also a good choice for modeling wave propagation in
acoustic media. The resulting sparsely populated stag-
gered-grid cell is equivalent to Figure 1a but without the
shear stresses populating the grid cell (small blue balls in
Figure 1a). In many situations, it is desirable to have
a computational model that may contain both acoustic
and elastic regions (e.g., modeling a marine seismic exper-
iment or the seismic response of magma chambers). This
is straightforward using a Virieux grid, by simply setting
l ¼ k and m ¼ 0 in Equation 3 in the acoustic regions.
Updating the equations will guarantee that the “acoustic
stress vector” in Equation 4 is satisfied to within-machine
precision.

The Virieux grid is the natural choice for modeling
wave propagation in elastic media as long as the stiffness
matrix, C, in Equation 2 belongs to a class of anisotropic
materials referred to as orthorhombic media and as long
as the symmetry axes of the medium are aligned with the
Cartesian grid (isotropic media is a special case that
belongs in this family of media). For this class of aniso-
tropic materials, all elements that are zero in Equation 3
remain zero. However, as soon as we introduce more com-
plex anisotropic symmetry classes or rotate the symmetry
axes with respect to the grid, the elements that are zero in
Equation 3 will become non-zero. As a consequence, Igel
et al. (1995) noted that spatial derivatives are no longer
available at all locations where they are needed. Igel
et al. (1995) solved this by interpolating strains between
a b

Numerical Methods, Finite Difference, Figure 1 Staggered-grid g
blue ball: normal stress components; small blue ball: shear stress co
directions indicated. (b) (Right): Lebedev staggered grid (Lebedev, 1
Large blue ball: all stress components; large red ball: all particle velo
Henrik Bernth (Schlumberger Cambridge Research) for providing th
their natural locations. However, the scheme is both
expensive and results in fairly complex implementations.
Saenger (2000) solved the problem in 2D by observing
that a rotation of the staggered grid by 45� results in
a natural choice for staggering the wavefield quantities
so that no interpolation is necessary. The so-called rotated
staggered scheme can also be generalized to 3D, although
it can no longer be seen as a simple rotation of the Virieux
grid. Another staggered grid that avoids the necessity to
interpolate wavefield quantities in anisotropic media is
the Lebedev grid (Lebedev, 1964; Lisitsa and
Vishnevskiy, 2010), which is illustrated in Figure 1b.
Bernth and Chapman (2010) analyzed and compared the
different staggered-grid geometries and concluded that
whereas the rotated staggered grid and the Lebedev grid
are equivalent in 2D, the Lebedev grid is different and
a better choice compared to the rotated staggered grid in
3D. The Lebedev grid is both computationally more effi-
cient and also lends itself to a simpler implementation as
it can be regarded as a combination of four independent
Virieux grids that decouple in isotropic media.

So far, the discussion in this section has concerned loss-
less media. In order to account for attenuation,
a viscoacoustic or viscoelastic model is introduced by
using a different constitutive stress–strain relation com-
pared to Equation 2. Equation 2 can be thought of as
a model of springs connecting particles in a lattice. When
compressing the springs, energy is stored for an infinite
time or until the compressed springs are released after
which the particles return to their original positions. In
a viscoelastic medium, dashpots are introduced in parallel
or in series with the springs causing energy to dissipate
after compression. The stiffness matrix becomes time-
eometries. (a) (left): Virieux staggered grid (Virieux, 1986). Large
mponents; red arrows: particle velocity components in the
964; Lisitsa and Vishnevskiy, 2010; Bernth and Chapman, 2010).
city components. The authors acknowledge Chris Chapman and
e figure.
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dependent and the multiplication with the time derivative
of the strains is replaced by a convolution in time. The
new viscoelastic constitutive relation becomes:

@

@t
~s ¼ GðtÞ � @

@t
~e; (5)

where G(t) is the new relaxation stiffness matrix, which
contains elements that are functions of time. Such
a particularly useful function corresponds to a spring/
dashpot configuration called a standard linear solid
(Robertsson et al., 1994a). First, due to the exponential
kernel (in time) in the relaxation function of a standard lin-
ear solid, the convolution in Equation 5 can be eliminated
at the expense of introducing a new set of differential equa-
tions to be solved at each time step and spatial location. No
additional complications due to various grid geometries
arise after introducing the new differential equations solv-
ing for the so-called viscoelastic memory variables as
these equations are fairly simple ordinary differential
equations in time (as opposed to partial-differential equa-
tions with additional spatial derivatives). Second,
Robertsson et al. (1994a) and Blanch et al. (1995) showed
how arrays of standard linear solid elements can advanta-
geously be used to model constant quality factor
Q versus frequency and also how to model attenuation of
P and S waves in elastic isotropic media separately. How-
ever, exactly what attenuation to model for different wave
types in an anisotropic medium is unclear and remains
a topic for research (there are no pure P and S waves in
an anisotropic medium).
Numerical Methods, Finite Difference, Table 1 Examples of ai
for different accuracies

ai

Order i= 1 i= 2 i= 3
2 1 N/A N/A
4 9/8 �1/24 N/A
6 75/64 �25/384 3/640
Finite-difference approximations
The FD method approximates derivatives by combining
neighboring function values on a grid, where the particular
combination is commonly derived using the Taylor expan-
sion of the function at the different sample points. The
simplest example of a FD approximation is the first deriv-
ative of a function p at x0 using only two samples:

@pðx0Þ
@x

¼ 1
D x

p x0 þ D x
2

� �
� p x0 � D x

2

� �� �

þ C1
@3pðx0Þ
@x3

ðD xÞ2 þ O ðD xÞ4
� �

;

(6)

where Dx is the sampling interval and C1 is a constant.
The lowest-order error term in this expansion is propor-
tional to the square of the sampling interval. Hence, as
we decrease Dx, the FD approximation will become
increasingly accurate (the increase in accuracy propor-
tional to the square of Dx) and in the limit be equivalent
to the first derivative of p. The approximation is therefore
considered second-order accurate since the lowest-order
error term depends on the square of the sampling interval.
Higher-order approximations of the first derivative can be
expressed as a weighted sum of additional adjacent sample
points:
@pðx0Þ
@x

¼ 1
D x

XM
i¼1

ai p x0 þ ð2i� 1ÞD x
2

� ��

� p x0 � ð2i� 1ÞD x

2

� ��
þ O ðD xÞ2M

� �
:

(7)

e coefficients a describe what is often called the FD
Th i
stencil and are chosen such that terms containing lower-
order error factors are canceled (Table 1).

The accuracy of the FD approximations for the tempo-
ral derivatives and the spatial derivatives are often differ-
ent and schemes are accordingly named with two
accuracy orders. An O(2,8) accurate scheme would be
second-order accurate in time and eighth-order accurate
in space.

From Equation 6, we note that the derivative estimate
of a spatial derivative is computed in between sample
points of the wavefield quantity in question. As described
in the previous section, this is the reason why the
staggered-grid formulation is particularly well suited for
FDmodeling of the system of first-order differential equa-
tions describing wave propagation. The grid staggering is
also applied in time, typically utilizing the simple second-
order accurate approximation in Equation 6, resulting in
a time-stepping method referred to as a “leap-frog”
scheme. The leap-frog scheme is in turn referred to as an
explicit FD scheme since the differential equations only
contain one unknown after discretization in space and
time, and which, therefore, can be computed directly with-
out solving further systems of equations. For example, if
we are in the process of updating particle velocities at
a new time step t0 þ Dt using Equation 1, we can compute
the particle velocities directly from the known particle
velocities at time t0 and through spatial FD approxima-
tions of the known stresses at time t0 þ Dt=2.We then pro-
ceed to update stresses at time t0 þ 3Dt=2 using
Equation 2 explicitly from the stresses at t0 þ Dt=2 and
particle velocities at t0 þ Dt. In this fashion, we march
through the FD simulation until we reach the desired max-
imum time of the simulation. Clearly, we need to initiate
the simulation with a so-called initial conditions for parti-
cle velocities at time 0 and stresses at time Dt=2.

Accuracy and numerical dispersion
The most visible error introduced through the FD approx-
imation is called numerical dispersion and appears when
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either the sampling interval is too large or the approxima-
tion is not of sufficiently high order. Numerical dispersion
is defined as the effect when different frequencies of the
wavefields propagate slower or faster compared to the cor-
rect speed of wave propagation in the medium. Figures 2
and 3 show wave propagation simulations with two differ-
ent order schemes using the same spatial sampling and
clearly demonstrate severe effects of numerical dispersion
of the lower-order scheme.
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Numerical Methods, Finite Difference, Figure 3 Similar snapshot
medium is the same as in Figure 2, but in this case the simulation h
the wave front are typical for numerical dispersion.
The numerical dispersion can be predicted by Fourier
transforming the FD expressions in time and space. Using
the Fourier-transformed expressions, we obtain a relation-
ship that shows how the propagation velocity in the
medium is affected by numerical dispersion. It is a function
of several parameters including the spatial grid step and
the so-called Courant number (see stability section
below). Figure 4 shows several such dispersion curves
(phase velocity error as a function of the number of
50004500400035003000500
et (m)

of a simulation using the acoustic wave equation. The black-
wave has been reflected in the upper free surface and changed

ch in this case is a PML. The blue area has slower propagation
an O(2,16) scheme.
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in time to that shown in Figure 2. The spatial sampling and
as been performed with an O(2,2) scheme. The trailing ripples of
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should probably not be run with less than five to seven gridpoints per minimum wavelength (0.14–0.2 wavelengths/gridpoint).
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wavelengths per gridpoint) for different choices of time
steps (resulting in different Courant numbers, see below).
The numerical dispersion is dominated by the slowest
wave speed in the medium, where the wavelength is the
shortest. The number of sampling/gridpoints per wave-
length necessary for a certain level of accuracy is thus deter-
mined by the dispersion curve and the slowest wave speed
in a medium.

In practice, it is still difficult to define exactly how fine
the wavefields must be sampled to avoid numerical disper-
sion as the severity of the numerical dispersion depends on
the accuracy of the approximation and how far the wave
has to propagate. However, as general rules of thumb, in
order to roughly limit effects of numerical dispersion
within a 2.5% error in propagation velocity, an O(2,4)
scheme requires at least eight grid points per minimum
wavelength, whereas an O(2,6) scheme requires six grid
points per minimum wavelength.

It is obvious from Equation 8 that a higher-order deriv-
ative approximation requires more computations than a
lower-order approximation. However, in general higher-
order approximations (up to some limit) are preferred as
the computational requirements increase linearly with
accuracy order, whereas a finer grid increases the compu-
tational requirement to the fourth power of the refinement
in 3D. The fourth power dependence originates from the
fact that the temporal step must be proportional to the spa-
tial step (see stability below). Thus, if the spatial step is
reduced by a factor n, then a factor n3 more gridpoints
are required in 3D in addition to another factor n more
time steps, therefore resulting in an increase of a factor
n4 in the number of computations required.

Lax–Wendroff corrections and optimally accurate FD
schemes
The higher-order FD approximations are usually applied
to spatial derivatives. To construct a functional scheme
that has a higher order of accuracy in time, it is often
necessary to use implicit time stepping, which results in
a substantial increase in computational requirements.
A solution to increase the formal order of accuracy (in
a Taylor sense) without resorting to implicit schemes or
saving several time levels is to apply a so-called Lax–
Wendroff correction (Lax and Wendroff, 1964; Dablain,
1986). The Lax–Wendroff correction works by using the
system of equations to express higher-order derivatives
in time as spatial derivatives. The approximations of the
higher-order time derivatives can be used to construct
correction terms to cancel errors of successively higher
order. Using the system

@p
@t

¼ k
@v
@x

@v
@t

¼ 1
r
@p
@x

8>><
>>:

; (8)
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the corresponding Lax–Wendroff correction for a third-
order time derivative is:

@3p
@t3

¼ k
@3v
@x@t2

¼ k
@

@x
1
r

@2p
@x@t

¼ k
@

@x
1
r
@

@x
k
@v
@x

: (9)

However, the method is somewhat cumbersome in multi-

dimensions as it requires mixed derivatives and also
derivatives of the material parameters, that is, r and k in
Equations 8 and 9 (see for instance Blanch and Robertsson
(1997) or Bergmann et al. (1999) for applications of the
Lax–Wendroff correction).

The FD stencil can also be adjusted such that it is opti-
mal for a certain frequency/wavelength range and thus
achieves a higher accuracy than a standard scheme
(Holberg, 1987; Robertsson et al., 1994b; Geller and
Takeuchi, 1995; Zingg, 2000). Note that in a strict (and
in this case misleading) Taylor sense, these schemes do
not necessarily appear to be high-order schemes.

Time stepping and stability
As discussed above, the time stepping is most commonly
explicit using a second-order approximation resulting in
a leap-frog scheme. The explicit time stepping introduces
a so-called CFL (Courant–Friedrich–Levy) stability con-
dition prescribing the maximum size of the time step Dt.
The CFL condition can be derived from the same Fourier
transformation as described above (in the context of
numerical dispersion) and requiring the resulting differ-
ence equation to have roots of absolute value less than or
equal to one. As a result, the maximum time step is deter-
mined by the fastest wave speed in a medium, the spatial
step, and a constant depending on the particular FD
approximations used:

Dt � Kffiffiffiffi
D

p Dx
cmax

; (10)

where the constant K depends on the spatial accuracy and
is slowly decreasing with increasing accuracy of the
scheme from a value of 1 for an O(2,2) scheme, D is the
dimension of the simulation (e.g., D = 2 for 2D) and cmax
is the maximum wave propagation speed in the medium.
Rapid changes in material parameters may require an even
smaller time step, but do not, in general, cause problems
(Haney, 2007). Using a temporal step larger than deter-
mined by the CFL condition yields an unstable simulation,
that is, parasitic solutions will grow at an exponential rate
and swamp the physical solution.

The Courant number is often used in the context of
discussing stability and numerical dispersion. It is defined as

g ¼ c0
Dt
Dx

; (11)

where c0 is the local velocity of the medium. The Courant
number can be interpreted physically as the fraction of the
spatial increment that a wave can advance in a time step.
From Equation 11, we see that the Courant number con-
trols the stability of the numerical scheme. In a heteroge-
neous medium, there exists a large range of velocities
and it is thus important to study a FD scheme’s behavior
(i.e., numerical dispersion) for a range of Courant numbers
(e.g., see Figure 4). In the literature, the normalized
Courant number is often used:

gnorm ¼ c0
Dt
Dx

ffiffiffiffi
D

p

K
; (12)

which needs to be less than or equal to 1 for a stable
simulation.
Boundary conditions
The most important boundary conditions for wave simula-
tions are radiating and free-surface boundary conditions.
Radiating boundary conditions are applied at the edge of
the finite computational domain to annihilate undesired
reflections from the edge of the domain. In this fashion,
we are able to emulate an infinite grid without reverbera-
tions appearing to occur at or beyond the physical bound-
ary. The radiating boundary conditions can be implemented
as “one-way” wave equation propagators using special
operators at the boundaries. A first-order simple version is
to implement the following equation at the boundary:

@p
@t

¼ �c0
@p
@x

; (13)

where the sign depends on which boundary (maximum or
minimum x coordinate) and c0 is the (local) propagation
velocity. For a single propagation velocity, Equation 13
is fairly straightforward to implement. However, significant
complications arise for elastic or anisotropic media and for
higher dimensions than 1Dwhere it is the apparent velocity
perpendicular to the boundary that is the relevant parameter
(Clayton and Engquist, 1977; Higdon, 1986, 1990).

The radiating boundary conditions are more commonly
implemented as absorbing (or attenuating) boundary con-
ditions applied in a finite region just inside the computa-
tional domain (Cerjan et al., 1985). The absorbing
boundary conditions rapidly attenuate the wavefields such
that any reflections from the numerical boundary are so
small that they do not affect the result of the simulations.
Absorbing boundaries do, however, need to have a transi-
tion zone, where the attenuation of the wavefield is gradu-
ally increased, since a rapid change in attenuation will
cause reflections as well. These gradually increasingly
attenuating boundaries are often referred to as sponge
layers. The most efficient absorbing boundary condition
is called a “Perfectly Matched Layer” (PML) (Bérenger,
1994; Gedney, 1996; Collino and Tsogka, 2001). The
PML allows the attenuation to be increased extremely
rapidly without causing reflections. The PML boundary
conditions are implemented by introducing artificial
anisotropy to the boundary and matching the reflection
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coefficient in different propagation directions. The most
straightforward realization of a PML boundary is through
the split-field technique, where the wavefield is split
depending on which spatial derivatives are used to update
it. For the system in Equation 8 in two dimensions, an
implementation for the p variable would be

@px
@t

þ bxp ¼ K
@v
@x

@pz
@t

þ bzp ¼ K
@v
@z

p ¼ px þ pz

8>>>><
>>>>:

: (14)

The coefficients b control the attenuation in either the x or
i
z directions independently.

The straightforward split-field implementation is
equivalent to a fully anisotropic implementation (Teixeira
et al., 2002) but suffers from a mild instability for waves
impinging on the boundary at an incidence angle higher
than 45�. A slightly more complex implementation avoids
this instability (Bécache et al., 2002).

The free-surface boundary condition is used to approx-
imate the interface between a water/solid material and air.
Since the acoustic impedance of air is significantly differ-
ent from that of water or the Earth, explicit modeling
results in a computationally much more expensive simula-
tion. In fact, it is possible to use a (pressure release) free-
surface condition instead (water or Earth in contact with
vacuum). For a water/air contact it is simply implemented
through mirroring,

pð�zÞ ¼ �pðzÞ
vzð�zÞ ¼ vzðzÞ

(
; (15)

assuming the boundary is located at z = 0. The upper
boundary in Figure 2 is implemented using a free-surface
condition. The free-surface condition for a solid elastic
material is more complicated and cannot be achieved
solely through mirroring. Care must be taken to ensure
that all wavefield components satisfy the wave equation
and the free-surface condition in order to accurately model
wave phenomena such as Rayleigh waves at the free sur-
face (see Robertsson, 1996, for details). In an anisotropic
material the constitutive relationship is more complex
and leads to an equation involving a larger amount of elas-
tic constants and components of the strain tensor.

Topography and conformal mapping of grids
Topography can either be implemented explicitly into
a FD scheme (Robertsson, 1996) or by stretching the grid
through conformal mapping of the regular computational
grid onto a grid with continuously varying grid spacings
where the top of the grid follows the topography
(Fornberg, 1988; Hestholm and Ruud, 1994). The explicit
method will lose some of its flexibility to implement rap-
idly varying topography if a higher-order scheme is used
for the solution. If a conformal mapping is used, all
derivatives will depend on the mapping function through
the chain-rule. For instance,

@vzðf ðzÞÞ
@z

¼ @vz
@f

@f
@z

: (16)

This may lead to stricter stability conditions and stricter

requirements on spatial sampling.

Source implementations
Seismic sources can be introduced in terms of body forces
as indicated in Equation 1 or as moment-tensor sources
using an equivalent source term in the constitutive equa-
tion (e.g., Equation 2 or 5). A straightforward approach
is to simply drive a body force at one point by feeding
Equation 1 with the value of a desired source wavelet in
a single spatial grid point at each time step. Although this
approach tends to work fairly well, researchers have some-
times reported on high-frequency noise being introduced.
The origin of this noise has been attributed to the intrinsic
difficulty in representing delta functions on a discretely
sampled model with continuous wavefields. As a conse-
quence, researchers have attempted to smooth the (delta-
like function) source excitation in space by introducing
source terms in a vicinity of grid points and scale the grid
points accordingly with, for example, a Gaussian taper.

Practitioners in exploration seismology often mimic
explosive sources by equal excitation of the diagonal ele-
ments of the stress tensor at the source location or alterna-
tively model compressional or shear vibroseis source by
either exciting vertical or horizontal body forces. By
implication from the body-force equivalence theorem,
earthquake seismologists who wish to model a moment-
tensor source can do this either through a stress or body-
force representation as described by Moczo et al. (2007).

An alternative way to introduce a source wavefield on
a FD grid is by means of a boundary condition on an arti-
ficial surface interior to the grid. The method was first
described by Alterman and Karal (1968) and followed
by many authors clarifying the concept (Kelly et al.,
1976; Levander, 1989; Robertsson and Chapman, 2000;
Moczo et al., 2007). The technique relies on two prerequi-
sites. First, that the spatial FD operators have a limited extent
in space and second, that the (isolated) source wavefield can
be computed in a region around the source location without
reverberations from the rest of the model at the (simulated)
time of source insertion. The artificial surface is defined
enclosing a volume around the desired source location.
Since the source wavefield often is computed in the vicinity
of the artificial surface by some differentmeans (e.g., an ana-
lytical solution), it is often practical to ensure that the artifi-
cial surface encloses a homogeneous medium.

The method of introducing a source wavefield as a
boundary condition along an internal surface can also
be used in so-called hybrid methods where two different
numerical solutions are coupled together (e.g., Robertsson
et al., 1996; Zahradník and Moczo, 1996; Robertsson and
Chapman, 2000; van Manen et al., 2007). However, the
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wavefield on opposite sides of the artificial surface in the
technique above is reversed so that the source wavefield
is present inside the artificial surface only. Typically, the
artificial surface will be designed to be as large as possible
just inside the absorbing boundary or free surface of the
FD model. If the source wavefield is computed using
a different numerical method such as Gaussian beams
(Robertsson et al., 1996), some (limited) numerical arti-
facts will be introduced as the artificial surface crosses
sharp discontinuities in medium properties.

Conclusions
We have outlined the basic principles of FD approxima-
tions to the systems of first-order partial-differential equa-
tions describing acoustic, isotropic elastic, anisotropic
elastic, or viscoacoustic/elastic wave propagation. The
method is based on explicit leap-frog time-stepping and
staggered-grid representations. Most commonly Taylor-
series-derived stencils are used to approximate the spatial
derivatives, although other means to optimize FD stencils
have also been described.

Two types of boundary conditions exist. First, radiating
or absorbing boundary conditions (e.g., PML) are used to
truncate the model while avoiding boundary reflections.
Second, a free-surface boundary condition can be used to
simulate the surface of the Earthwith orwithout topography.

Sources are introduced either as point-force or stress
sources, or along closed (artificial) surfaces inside the
FD grid.

The maximum possible spatial grid size in order to limit
numerical error is computed from the slowest propagation
velocity in the model (e.g., a shear-wave velocity in the
near-surface) using the so-called numerical dispersion rela-
tion for the FD scheme. Once the grid spacing has been
chosen, the maximum possible time step is computed from
the CFL-stability condition. The maximum possible time
step is proportional to the spatial grid size and inversely
proportional to the maximum propagation velocity in the
grid. Since the computational cost of a 3D FD simulation
increases to the power of fourwith a linear reduction of grid
size, high-order accurate FD stencils are usually preferred.
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Definition
The finite element method is a numerical method, like the
finite difference method, for solving differential equations
arising in the study of physical phenomena. In the finite
element method, a given domain is viewed as a set of
nonintersecting subdomains, called finite elements, and
over each element the governing equation is approximated
by any of the traditional variational methods (e.g., Ritz,
Galerkin, and least-squares methods). The main reason
behind seeking approximate solution on a set of elements
is the fact that it is easier to represent a complicated
function as a sum of simple polynomials. Of course, each
individual segment of the solution should fit with its
neighbors in the sense that the function and possibly its
derivatives up to a chosen order are continuous along
the interface between elements. This entry is a brief
introduction to the finite element modeling of diffusion
processes and the Navier–Stokes equations governing vis-
cous incompressible fluids. Both phenomena play crucial
role in modeling a variety of geological or geomechanics
processes.
General introduction
Scientists and engineers model (i.e., develop mathematical
models and numerically simulate) natural phenomena
with the objective of understanding it. Virtually every
phenomenon in nature, whether aerospace, biological,
chemical, geological, or mechanical, can be described in
terms of algebraic, differential, and/or integral equations
relating various quantities of interest. Determining the stress
distribution in a mechanical structure with oddly shaped
members and numerous stiffeners and subjected to
mechanical, thermal, and/or aerodynamic loads, finding
the concentration of pollutants in lakes and estuaries or in
the atmosphere, predicting geophysical and geological
events, and simulating weather in an attempt to predict the
formation of tornadoes and thunderstorms are a few
examples of many important practical problems that
scientists and engineers are occupied with.

In the last four decades, the finite element method has
emerged as a powerful computational tool for solving
nonlinear partial differential equations over irregular
domains with complex domain properties (Reddy, 2003,
2006; Reddy and Gartling, 2010; Bathe, 1996; Belytschko
et al., 2000). Applications of the method to geology, geo-
physics, and geomechanics problems are numerous (see,
e.g., Reddy et al., 1982; Wickham et al., 1982; Bird,
1989; Parsons, 2002; Dyksterhuis et al., 2005 and refer-
ences therein). This brief introduction is meant to provide
some insight into the workings of the finite element
method as applied to the Poisson equation as well as the
Navier–Stokes equations that are used to model certain
geomechanics processes in two dimensions.
Finite element model of 2-D Poisson equation
Consider the problem of finding uðx; yÞ such that the fol-
lowing partial differential equation (a generalized
Poisson’s equation) is satisfied
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where O is a two-dimensional domain with boundary G.
Here axx and ayy are material coefficients in the x and y
directions, respectively, and f ðx; yÞ is the known source.
For example, in a ground water flow problem u denotes
the water head (i.e., velocity potential), axx and ayy are
the permeabilities in the x and y directions, respectively,
and f ðx; yÞ is distributed water source. Equation 1 also
arises in many areas of science and engineering.

In the finite element method, the domain �O ¼ O [ G is
divided into a set of subdomains �O

e ¼ Oe [ Ge, called
finite elements. Any geometric shape qualifies as an ele-
ment, provided that the approximation functions ce

i can
be derived uniquely for the shape.

Suppose that the dependent unknown u is approxi-
mated over a typical finite element �O
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by the expression
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where uhðxÞ represents an approximation of uðxÞ
over the element �O

e
, parameters uej denote the values of

the function uehðxÞ at a selected number of points (i.e., ele-
ment nodes) in the element �O

e
, and ce

j are the Lagrange
interpolation functions associated with the element.

We seek to satisfy the governing differential equation in
a weak-form sense, with the weight functions being the
same as the approximation functions. The resulting finite
element model, i.e., set of algebraic equations) is called
the weak-form Galerkin finite element model (Reddy,
2006). The weak form is
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Suppose that uh is represented over a typical finite ele-
ment Oe by expression of the form 2. Substituting the
finite element approximation 2 into the weak form 3, we
obtain

Keue ¼ f e þ qe 	 Fe (4)
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We note that Ke ¼ Ke (i.e., Ke is symmetric).
ij ji
Finite element models of the 2-D Navier–Stokes
equations
In this section, we develop the finite element models of
steady flows of viscous, incompressible fluids in two-
dimensional domains. The governing equations are the
conservation of linear momentum and conservation of
mass, expressed in terms of the Cartesian components

r u
@u
@x

þ v
@u
@y

� �
� @sxx

@x
� @sxy

@y
� fx ¼ 0 (6)

@v @v
� �

@sxy @syy
r u
@x

þ v
@y

�
@x

�
@y

� fy ¼ 0 (7)

@u @v

@x

þ
@y

¼ 0 (8)

@u @v

sxx ¼ 2m

@x
� P; syy ¼ 2m

@y
� P;

sxy ¼ m
@u
@y

þ @v
@x

� � (9)
Here we present two different finite element models
associated with Equations 6–9. The first one is a direct for-
mulation in which the three equations in ðu; v;PÞ are used
in their original form. This formulation is known as the
velocity–pressure formulation. The other formulation is
based on the interpretation that the continuity equation
(Equation 8) is a constraint on u and v, and the constraint
is satisfied in a least-squares (i.e., approximate) sense.
This particular method of including the constraint in the
formulation is known as the penalty function method,
and the model is termed as the penalty-finite element
model. It is informative to note that the velocity–pressure
formulation is the same as the Lagrange multiplier formu-
lation, wherein the constraint is included by means of the
Lagrange multiplier. The Lagrange multiplier turns out
to be the negative of the pressure.
Velocity–pressure (mixed) model
The weak forms of Equations 6–8 over an element Oe can
be constructed following the standard procedure (Reddy,
2003). The weight functions have the following physical
interpretation:

w1 
 u ; w2 
 v and w3 
 �P (10)
Assuming approximations of the form

u ¼
Xm
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vjc
e
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Pjf
e
j (11)

e e
where cj and fj denote the Lagrange type interpolation
functions ðn < m; nþ 1 ¼ mÞ and substituting into
the weak forms of Equations 6–8, we obtain the following
finite element model:
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Here (t ; t ) denote the components of the stress vector t on
x y
the boundary

tx ¼ sxxnx þ sxyny; ty ¼ sxynx þ syyny (14)

and (nx; ny) are the components of the unit normal vector n̂.
Penalty-finite element model
Use of the penalty function method amounts to replacing
the pressure with

P ¼ �g
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� �
(15)

where g is known as the penalty parameter. For complete
details, the reader may consult (Reddy, 2003, 2006; Reddy
and Gartling, 2010). Note that Equation 15 is used to post-
compute P once the velocity field is available.

Assuming interpolation of the form

u ¼
Xn
j¼1

uejc
e
j ; v ¼

Xn
j¼1

vejc
e
j (16)

where ce
i are Lagrange interpolation functions. Substitut-

ing Equation 16 into the weak forms of Equations 6
and 7, we obtain the finite element model
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The numerical evaluation of the coefficient matrices

appearing in Equation 17 requires special consideration.
Equation 17 is of the general form

Km þKr þKgð ÞD ¼ F (19)

where Km, Kr, and Kg denote the contributions from the
viscous, inertia, and penalty terms, respectively. In theory,
as we increase the value of the penalty parameter g, the
conservation of mass is satisfied more exactly. However,
in practice, for some large value of g, the contribution from
the viscous and inertia terms would be negligibly small
compared to the penalty terms in the computer. Thus, if
K3 is a nonsingular (i.e., invertible) matrix, the solution
of the final equations associated with Equation 19 for
a large value of g is trivial

lim g ! 0 Km þKr þKgð ÞD ¼ F ! KgD ¼ 1
g
F

(20)

which will yield D ¼ 0. While the trivial solution satisfies
the continuity equation, it does not satisfy the momentum
equations for nontrivial boundary data or body forces.
In this case, the discrete problem (Equation 17) is said to
be over-constrained or “locked.” If Kg is singular, then
the sum Km þKr þKg is nonsingular (because Km is
nonsingular after the imposition of proper boundary con-
ditions), and a nontrivial solution to the problem may be
obtained.

The numerical problem described above is eliminated
by proper evaluation of the integrals inKg. It is found that
if the coefficients of Kg (i.e., penalty terms) are evaluated
using a numerical integration rule of one order less than
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that required to integrate them exactly, the finite element
equations (Equation 17) will give acceptable solutions
for the velocity field. This technique of under-integrating
the penalty terms is known in the literature as reduced
(order) integration. For example, if a linear rectangular
element is used to approximate the velocity field in a
two-dimensional problem, the matrix coefficients Km as
well asKr are evaluated using the 2� 2Gauss quadrature,
and Kg are evaluated using the one-point 1 � 1) Gauss
quadrature. The one-point quadrature yields a singular
Kg. Therefore, Equation 17 cannot be inverted, whereas
Km þKr þKg is nonsingular and can be inverted (after
assembly and imposition of boundary conditions) to
obtain a good finite element solution of the original prob-
lem. When a quadratic rectangular element is used, the 3
� 3 Gauss quadrature is used to evaluate Km and Kr,
and the 2 � 2 Gauss quadrature is used to evaluate Kg.

The choice of the penalty parameter is largely dictated
by the ratio of the magnitude of penalty terms to the
viscous and convective terms (or compared to the
Reynolds number, Re), the mesh, and the word length in
the computer. The following range of g is suggested in
computations

g ¼ 104Re to g ¼ 1012Re:
Summary
Numerical simulation of geomechanical processes
requires a good understanding of computational fluid
mechanics, heat transfer, and solid mechanics and their
couplings. The increase in computing power in both single
processor and parallel environments has allowed realistic
geomechanics problems of significant complexity and
fidelity to be routinely solved and utilized in technological
advances. Commercial software has made rapid progress
in providing a broad spectrum of analysis capabilities
to a variety of industries. Though software is increasingly
robust, accurate simulations still require a knowledgeable
user, with a background in both mechanics and numerical
methods. This entry only provides an introduction to an
individual who is interested in the use of the finite element
method as a numerical simulation tool for the study and
understanding of geomechanical phenomena. The Poisson
equation and the Navier–Stokes equations visited here
provide the necessary background for the study of diffu-
sion processes and viscous flow problems. Interested
readers may consult the references listed.
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Definition
A multigrid method is an algorithm for the iterative solu-
tion of partial differential equations using a sequence of
discretizations on multiple scales.

Introduction
The numerical solution of a partial differential equation
(PDE) requires its discretization and a method to solve
the resulting large system of algebraic equations. For lin-
ear equations, the resulting system is often a sparse matrix
and a direct solution method suffices if the size of the
problem is modest. For problems in three space dimen-
sions, the computational cost of a direct solver may be
too large. An iterative method that improves the accuracy
of an approximate solution step by step can be a good
alternative.

The multigrid method has optimal complexity: the
amount of work required to solve a problem with N
unknowns is OðNÞ, meaning that it scales with N . It
achieves its efficiency by employing several discretization
grids for the same problem.
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History
Fedorenko (1964) introduced the multigrid method as an
iterative scheme for solving Poisson’s equation on
a square and showed that the number of computations
required to determine a solution with a prescribed
accuracy is proportional to the number of unknowns, N .
Therefore, the method has an optimal computational com-
plexity. Brandt (1973) found that the actual computational
cost for a sufficiently accurate result was about 10 work
units, where a work unit is the cost of evaluating the
discretized equations. He connected the method to local
adaptive grid refinement and introduced nonlinear
multigrid. Hackbush (1976, 1985) discovered the method
independently and provided a mathematical foundation.
Since then, the method was developed further to handle
PDEs other than Poisson’s, which is elliptic, and to go
beyond PDEs.

Textbooks include those by Hackbush (1985), who
includes convergence proofs; by Wesseling (1991), with
chapters on computational fluid dynamics; by Briggs
et al. (2000), an easy to read introduction; and by
Trottenberg et al. (2001), among others.
Two-grid scheme
A discrete representation of a PDE provides an algebraic
system of equations with relations between solution
values at neighboring grid points. It is fairly easy to make
local corrections that reduce the solution error on a short
range, but much harder to correct the long-range or long-
wavelength components of the solution that have a
more global character. By projecting the solution onto
a coarser grid, the long wavelengths become shorter and
can effectively be solved for. Combining the corrections
to the solution from coarser and finer grids yields an effi-
cient solver.

A simple 1D example can help to understand the funda-
mentals of the multigrid method. The PDE is Lu ¼ f , with
uðxÞ the unknown solution as a function of position x on
a finite interval ½xmin; xmax� on the real axis, f ðxÞ a source
term or forcing function, and L a linear differential opera-
tor, for instance, minus the laplacian, which in 1D is
� d2

dx2 . Dirichlet boundary conditions let the solution be
zero at the endpoints of the interval. To obtain a discrete
representation of the problem, an equidistant 1D grid is
defined with grid points xk ¼ xmin þ kh, index
k ¼ 0; . . . ;N þ 1, where N þ 1 ¼ 2M and M is
a positive integer. The grid spacing is
h ¼ ðxmax � xminÞ=ðN þ 1Þ. A standard second-order
finite-difference scheme leads to

�uk�1 þ 2uk � ukþ1

h2
¼ fk ; k ¼ 1; . . . ;N ;

where uk approximates uðxkÞ and fk ¼ f ðxkÞ. At the
boundaries, u0 ¼ uNþ1 ¼ 0. The discrete equations repre-
sent the problem Lhuh ¼ f h, where Lh is a N � N sparse
matrix and uh and f h are vectors of length N . The residual
is defined as r h ¼ f h � Lhuh and should vanish once the
numerical solution has been found.

A simple iterative method is Jacobi relaxation, in which
the matrix Lh is replaced by its diagonal Dh ¼ 2=h2. One
step of Jacobi relaxation amounts to

uh :¼ uh þ oðDhÞ�1rh:

The symbol “ :¼ ” indicates that the solution values are
replaced by the expression on the right-hand side. The fac-
tor o controls the amount of damping. Convergence
requires 0 < o � 1. Fourier analysis (Hackbush, 1985)
shows that the convergence rate, the factor by which the
norm of the difference between the current and the exact
numerical solution is reduced per iteration, is 1� Oðh2Þ
for Jacobi relaxation. Convergence slows down for
increasingly finer grids.

The Fourier analysis reveals that the slow convergence
is caused by the long-wave components of the solution.
Because long waves can be represented on coarser grids,
it makes sense to have a look at a two-grid scheme,
outlined in Figure 1 and its caption. The coarse grid con-
sists of every other grid point of the fine grid:
xK ¼ x0 þ KH , with H ¼ 2h and K ¼ 0; . . . ; 12 ðN þ 1Þ.
A restriction operator ~I

H
h maps the current fine-grid

residual rh to the coarser grid: rH ¼ ~I
H
h rh. The simplest

restriction operator is injection: rHK ¼ r h2K , K ¼
1; . . . ; 12 ðN � 1Þ. Full weighting, which lets rHK ¼
1
4 r

h
2K�1 þ 1

2 r
h
2K þ 1

4 r
h
2Kþ1, applies some smoothing to the

residual and is more common. The exact solution of the
coarse-grid problem yields the coarse-grid correction
vH ¼ ðLHÞ�1rH , which should be interpolated back to
the fine grid and added as a correction to the latest fine-
grid solution. The interpolation or prolongation operator
is denoted by IhH and lets uh :¼ uh þ IhHv

H .
If linear interpolation is used for prolongation, this

becomes

uh2K :¼ uh2K þ vHK ; K ¼ 1; . . . ;
1
2
ðN � 1Þ;

1

uh2K�1 :¼ uh2K�1 þ 2

ðvHK�1 þ vHK Þ;

K ¼ 1; . . . ;
1
2
ðN þ 1Þ:

Here, it is assumed that vH0 ¼ vHðNþ1Þ=2 ¼ 0. After
prolongation, an additional relaxation step with damped
Jacobi further removes oscillatory error components of
the solution. Jacobi relaxation inside this two-grid scheme
has a different purpose than when used as an iterative
solver by itself. Instead of removing both the short- and
long-wave components of the numerical solution error, it
only has to deal with those components that cannot be
represented on the coarser grid without aliasing. There-
fore, a damped version with o < 1 can be more effective
as it can be optimized to remove the short-wave or
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Numerical Methods, Multigrid, Figure 1 Steps in a two-grid cycle. (a) The initial solution on the fine grid is set to zero and the
residual equals the forcing function. The dashed line represents the exact numerical solution. (b) After one step of pre-smoothing
with damped Jacobi relaxation, the solution error is still large and the residual has hardly changed in this example. Its restriction to
the coarser grid (c) is solved exactly, using a coarse-grid version of the discrete differential operator. The resulting correction to the
fine-grid solution (d) is interpolated or prolongated back to the fine grid and added to the fine-grid solution (e). The error in the
solution is now dominated by the short wavelengths and appears as an oscillatory function, which is reflected in the corresponding
residual. A post-smoothing step (f) removes most of the solution error. Repeating the whole cycle will further reduce the error.
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oscillatory components. For Figure 1, o ¼ 2=3 was used.
The optimal choice requires a more detailed analysis
(Hackbush, 1985).

A relaxation scheme geared toward removing oscilla-
tory components is called a smoother. Another popular
choice is Gauss–Seidel relaxation. The operator is then
approximation by a lower or upper triangular matrix,
which is easy to invert. The implementation of the scheme
is similar to Jacobi, but the residual is evaluated with the
most recent solution available. The result will depend
on the order in which the grid is traversed. With lexico-
graphic Gauss–Seidel, one follows the natural index k in
increasing order, or in the opposite direction. Symmetric
Gauss–Seidel performs both these smoothing steps in
sequence. An alternative is red-black Gauss–Seidel,
where first the points with an odd and then those with an
even index are updated, always using the latest solution
values for the residual. In 2D, this would follow a check-
erboard pattern.

The grid transfer operator, restriction and prolongation,
should obey mp þ mr > 2m (Hackbush, 1985), where 2m
is the order of the differential equation and mp � 1 is the
highest degree of the polynomial that is interpolated
exactly. The scaled adjoint of the restriction operator is
an interpolation operator for which mr can be defined in
the same way as mp. In the example above, 2m ¼ 2, full
weighting has mr ¼ 2, and prolongation based on linear
interpolation has mp ¼ 2. More advanced grid transfer
operators are based on the differential operator Lh, leading
to operator-weighted restriction and prolongation.

The coarse-grid operator LH can be based on the same
discretization as the fine-grid operator Lh. An alternative is
the Galerkin coarse-grid approximation ~I

H
h LhIhH . In the
current example with full weighting, these happen to be
the same. Operator-weighted grid transfer operators can
accelerate the convergence by using the coefficients of the
differential operator in the construction of restriction and
prolongation operators, which in turn will affect the
Galerkin coarse-grid approximation of the differential
operator.
Multigrid
Instead of using the exact numerical solution on the
coarser of the two grids, a two-grid scheme can be applied
to the coarse-grid problem. Extending this recursively to
a coarsest grid with three points and one unknown,
a multigrid solver is obtained. All these grids can be vis-
ited in different orders. The standard approach is to start
on the finest grid, perform a number of pre-smoothing
steps, then move to the coarser grid, again perform pre-
smoothing, and continue this until the coarsest grid is
reached. There, the exact numerical solution is computed
and the resulting coarse-grid correction is prolongated
back to the finer level, followed by a number of post-
smoothing steps. This is repeated up to the finest grid.
Such a sequence is called a V-cycle. A single V-cycle
may be insufficient to obtain a convergence rate on the
coarser grid that is similar to the smoothing rate on the
finer grid. Convergence on coarser grids can be improved
by performing more than one cycle. In the W-cycle, the
number of cycles doubles on each coarser grid. Figure 2
illustrates the order in which grids are visited for a V-,
W-, and F-cycle. The last one is less expensive than
a W-cycle, as the number of cycles increases by only one
for increasingly coarser grids. Another option, adaptive
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cycling, decides on the sequence of grids by monitoring
the decrease of the residuals.

With a proper choice of relaxation scheme or smoother
and grid transfer operators, the multigrid method can reach
a grid-independent or h-independent convergence rate.
This does not, however, mean that the amount of work
required to reach a sufficiently accurate solution is propor-
tional to the number of grid points N . The exact numerical
solution differs from the true solution of the PDE because
of the numerical error due to the discretization, typically
with some power p of h. In the earlier example, the
discretization is second-order accurate, so p ¼ 2. Given
this numerical error, convergence to machine precision is
more than needed. An iteration error somewhat smaller
than the discretization error should suffice. Therefore,
more iterations should be carried out if a more accurate
solution on a finer grid has to be computed. This leads to
an overall complexity of OðN logNÞ rather than OðNÞ.
Successive grid refinement, in which one first computes
a solution on a coarse grid and uses that as an initial guess
for the next finer grid and so on, enables removal of the
factor logN, assuming that a fixed number of multigrid
cycles are used at each level. The combination of succes-
sive grid refinement with a multigrid solver is called Full
Multigrid (FMG).
Nonlinear multigrid
One way to apply the multigrid method to nonlinear PDEs
is the use of Newton’s method. A multigrid solver is then
applied to a linearization of the discretized nonlinear prob-
lem. An example is the computation of galactic gas flow
(Mulder, 1986). Another approach is the use of the
discretized nonlinear PDE inside the multigrid algorithm.
This requires the full solution to be available on the
coarser grids. In the example above, only corrections to
the solution were represented on coarser grids. The Full
Approximation Scheme (FAS) is a reformulation of the
multigrid method that includes the full solution (Brandt,
1982). It requires a restriction of the full solution,
uH ¼ IHh u

h, and of the coarse-grid forcing function,
f H ¼ LHðIHh uhÞ þ ~IHh r h. The prolongation needs to be
changed to uh :¼ uh þ IhH ðuH � IHh uhÞ, where uH is the
sufficiently converged solution on the coarser grid and
IHh u

h the restriction of the latest fine-grid solution. The
restriction operators for the residuals, ~IHh , and for
the solution, IHh , do not have to be the same. Note that
the coarse-grid problem, LHuH ¼ f H , can be interpreted
in a different way: LHuH ¼ f H ¼ ~IHh f

h þ tHh . The fine-
to-coarse defect correction, tHh ¼ LHðIHh uhÞ � ~IHh ðLhuhÞ,
ensures that the coarse-grid equations maintain the accuracy
of the fine-grid equations.

Nonlinear equations of the form LhðuhÞ ¼ f h fit into
this scheme. For LHðuHÞ, the same discretization scheme
as on the fine grid can be adopted. Smoothing operators
can be based on a local linearization of the residuals.

Generalizations
Multigrid is highly efficient for the solution of Poisson’s
equation on the square, discretized by the finite-difference
method on a cartesian grid. For other PDEs, describing
convection, diffusion, waves, flow, the method may be
less easy to apply. The same is true for unstructured grids,
for instance based on triangles or tetrahedra. With suitable
modifications and at the expense of additional code com-
plexity, the multigrid method can still be the optimal
approach. With unstructured grids, the coarser and finer
grid are generally not nested, leading to grid transfer oper-
ations that are less easy to code than on a cartesian grid.

Anisotropy in the PDE can degrade performance.
Consider the equation

� @2u
@x2

� a
@2u
@y2

¼ f ðx; yÞ:

For 0 < a  1, smoothing operators may have difficulty
with the y-direction where there is only weak coupling
between neighboring unknowns. Effective anisotropy in
the discretized equation can also happen with grids that
have widely different spacings in the various coordinate
directions. A more powerful relaxation scheme may repair
the poor performance of a simple smoother. For 2D prob-
lems, line relaxation will smooth in one direction and
solve in the other. An example is line Jacobi relaxation,
which approximates the matrix Lh by dropping the off-
diagonals in one coordinate direction, while keeping them
in the other. The dropped off-diagonals can be subtracted
from the main diagonal with a suitable weight factor to
obtain better smoothing properties. For 3D problems, plane
relaxation is required, whichmay be too expensive. An alter-
native is semi-coarsening, where the coarse grid has the same
number of points in the direction of weak coupling and is
coarsened only in the direction in which the smoothing
effectively removes the shorter wavelengths. Figure 3 shows
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Numerical Methods, Multigrid, Figure 3 Semi-coarsening of
grid (a) in the horizontal direction provides grid (b).
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an example of a grid before and after semi-coarsening in
the horizontal direction. In the more general case where
semi-coarsening is required in all coordinates, it can be
applied in alternating directions. A more costly but powerful
approach is simultaneous semi-coarsening in all coordinates
(Mulder, 1989), which still retains optimal complexity.

Beyond partial differential equations
The application of the multigrid method is not restricted to
the solution of PDEs. There are generalizations to eigen-
value problems (Brandt et al., 1983), integral equations,
optimization and optimal control (Borzì and Schulz,
2009), statistical physics (Kandel et al., 1988), image
processing (Terzopoulos, 1986), image segmentation,
and edge detection. In all cases, the simultaneous use of
different scales overcomes the problem of slowly converg-
ing solution components.

Algebraic multigrid (AMG), or, better, algebraic
multilevel method, refers to a class of solvers that con-
struct sets of coarse-level equations without referring to
grids or geometrical properties (Trottenberg et al., 2001;
Shapira, 2008). Coarsening is applied to subsets of
unknowns for which smoothing is effective. If the prob-
lem is specified by a large matrix, these subsets can be
determined by examining the coefficients of the matrix.
Strongly coupled unknowns, say ui and uj, are related by
a matrix coefficient aij that is relatively large. In that case,
smoothing is effective and one of the unknowns can be
removed from the equations on the coarser level. The
coarser level will then be mainly populated by weakly
coupled variables. Operator-weighted grid transfer opera-
tors are natural in this context, as well as the Galerkin
approach for the construction of the coarse-level operator.
Algebraic multilevel methods are a popular choice for
finite-element discretizations on unstructured grids, as
they can be used as a black-box solver and do not require
the tedious coding of grid transfer operations between
non-nested elements.

Deflation (Vuik et al., 1999) is a technique that acceler-
ates convergence of an iterative procedure if that is slowed
down by only a few solution components. Their projection
to a subspace that singles them out can be readily solved if
the subspace is small.
The multigrid method bears some resemblance to other
techniques such as wavelets, hierarchical-basis finite ele-
ments, multi-scale techniques, cyclic reduction, fast
multipole methods, and other divide-and-conquer methods.

Geophysical applications
Multigrid has been applied successfully to a wide range of
partial differential equations, describing static and dynam-
ics problems, diffusion, convection, and flow problems.
Examples in geophysics include elliptic problems in
potential theory, such as gravity (Boulanger and
Chouteau, 2001; Kusche, 2002), magnetostatics (De
Gersem and Hameyer, 2001), electrostatics (Bailey and
Cheesman, 1996), and Darcy’s law in porous media flow
(Schmidt, 1995). Controlled-source electromagnetics
(Aruliah and Ascher, 2002; Mulder, 2006) and mantle
convection (Trompert and Hansen, 1996) are examples
of parabolic problems. The wave equation for seismic
applications is a hyperbolic problem. Iterative solution of
its frequency-domain formulation, the Helmholtz equa-
tion, was a notoriously difficult numerical problem but
can nowadays be accomplished by using a damped ver-
sion as preconditioner in a conjugate-gradient-type itera-
tive scheme. Multigrid efficiently deals with the
approximate inversion of the preconditioner (Erlangga
et al., 2006; Riyanti et al., 2006).

Summary
The multigrid method provides an optimal iterative solution
method for a wide class of problems governed by partial dif-
ferential equations. Its application to a finite-difference
discretization of Poisson’s equation on a square is the easiest.
For other problems, a bit more effort may be required.
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Synonyms
Ocean bottom seismology
Introduction
Ocean bottom seismics, recording of seismic waves on the
ocean floor by seismometers placed on the ocean floor, is
becoming increasingly common both in academic
research surveys and for hydrocarbon exploration. The
main advantages of ocean bottom seismics over reflection
seismics with hydrophone streamers (see Seismic Data
Acquisition and Processing) are that the use of receivers
on the seafloor yields sufficient source-receiver offsets to
analyze the deeper crustal velocity structure, deploying
multicomponent receivers allows recording of shear
waves, and that instruments can be deployed for an
extended time to record natural seismicity. In most cases,
the seismic sources are either airguns towed on the sea sur-
face or natural seismicity. Seafloor sources are rare.
Instrumentation
Seismic seafloor receivers fall broadly into three catego-
ries, (1) ocean bottom seismometers (OBSs), individual
receivers that can be deployed and recovered without the
need of any specialized vessels, (2) ocean bottom cables
(OBCs), streamer-like arrays of receivers that are
deployed from a specialized vessel, and (3) ocean bottom
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
seismic nodes, individual receivers that require underwa-
ter vehicles for deployment and retrieval.

Ocean bottom seismometers
OBSs are individual stations that contain sensors and elec-
tronics for data storage (Figure 1). These instruments are
deployed from a vessel, and descend to the seafloor
weighted by an anchor. A release mechanism is activated
toward the end of the survey, detaching the instrument
from the anchor. The instrument then rises to the surface
buoyed by flotation devices. The instrument is recovered
onto the vessel where the recorded data are downloaded.
The term ocean bottom seismometer is sometimes used
for any instrument that records seismic waves at the sea-
floor, including OBCs and ocean bottom seismic nodes.

Communication with OBSs while on the seafloor is usu-
ally performed with acoustic transmission. This includes
releasing the instrument from the anchor; although some-
times, a time-based release is used as backup in case com-
munication fails. Acoustic communication is also used
for determining the position of the instrument at the
seafloor by triangulation and for checking the status of
the instrument.

OBSs that contain only a hydrophone as receiver are
often called ocean bottom hydrophones. Hydrophones
record pressure waves in the water. Some instruments con-
tain vertically oriented geophones, mostly in combination
with hydrophones. But, more commonly used OBSs have
3-component geophones (one vertical, two horizontal
components) or 4-component (4-C) OBSs that contain
3-component geophones and a hydrophone. The type of
geophone varies, depending on application – usually 4.5
Hz geophones (geophones with a resonance frequency at
4.5 Hz) for active-source experiments. Broadband seis-
mometers with varying frequency bands (with periods as
low as several tens of seconds) are used for recording of
natural seismicity. In a few cases, accelerometers
90-481-8702-7,
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Ocean Bottom Seismics, Figure 1 Ocean bottom seismometer (instruments used by IfM-Geomar, Kiel, Germany).

Ocean Bottom Seismics, Table 1 Specification of modern OBS

Recording channels Min. 4 (hydrophone, 3-component
seismometer)

Optional additional channels for
supplementary sensors (e.g., pressure,
CH4, temperature)

Sampling rate 20 Hz to 1 kHz (passive or active seismology)
Data capacity Tens of GBwith flash memory (lowest power)

>50 GB with low power disk drives
Time stability GPS synchronized prior and after mission

Timing accuracy 0.05 ppm/0.03 ppm (2.6/4.3
ms/day; depending on power
consumption)

Resolution 20 + bit, 32 bit ideallywanted (not yet available)
Power consumption <250 mW when active (depending on

sensors)
Time of operation Depending on battery supply up to 1 year
Release system Acoustic release (optional with additional

time release); burn wires, gradually
replaced by motor-driven hooks

Recovery aids Radio beacon, flash light
Optional: flag, shroud line
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(measuring particle acceleration rather than velocity as in
geophones) are used to record seismic waves.

Seismic data are recorded continuously. Storage media
have evolved from analogue tapes to hard drives and flash
drives. Exact time stamps from an internal clock are criti-
cal for OBS records. GPS time synchronization is com-
pleted before and after deployment. Modern high
precision clocks keep the deviation as low as 0.05 ppm
(4.3 ms/day). For active-source experiments, the records
are split into receiver gathers using shot times, usually in
SEG-Y format. Data processing varies widely depending
on the application and resembles that of land data. Some
peculiarities of OBS records include unknown receiver
locations, unknown orientations of the horizontal compo-
nents, and a lack of continuous GPS time stamps. Typical
specifications of a modern OBS are listed in Table 1.

Until the 1990s active-source OBS surveys typically
involved 10–50 OBSs deployed along a seismic transect.
Spacing between instruments for a survey targeting the
deeper crustal structure typically was between 5 and 20
km, allowing traveltime analysis of wide-angle reflected
and refracted arrivals. In the past decade, significant
improvements in hardware and electronics have made
instruments less expensive and shortened turnaround
times. This has led to a number of experiments with con-
siderably more OBSs allowing imaging of deep crustal
structures and 3D traveltime analysis (e.g., Kodaira
et al., 2000; Morgan et al., 2002).

Advances in batteries and storage devices also make it
possible to continuously record seismicity with OBSs for
up to �1 year. The use of additional batteries may extend
this time window but even for frames and housing made
of titanium, corrosion is a problem. Therefore a service
recovery after �1 year is good practice. Such passive-
source experiments are becoming more common to study
the earth’s deep structure, subduction zones on regional
scales, as well as seismically active local features such as
mud volcanoes (Brueckmann et al., 2009). A combination
of onshore and offshore seismological networks has shown
to significantly improve the determination of near-shore
hypocenters (Husen et al., 1999; Arroyo et al., 2009).
Ocean bottom cables
OBCs are densely spaced receivers attached to a cable.
The cable is deployed from a vessel, usually
a specialized ship (Figure 2). Seismic data are transmitted
along the cable to be recorded on the vessel. Typical
receiver spacing is 25 m. Most modern cables are
equipped with 4-C receivers. Cables are often dragged
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Ocean Bottom Seismics, Figure 2 OBC acquisition. Part of the
downgoing P-wave energy is converted upon reflection
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along the seafloor to achieve deployment in a straight line.
Some OBCs use geophones that are being pushed into the
seafloor by remotely operated vehicles (ROVs) to
improve coupling to the seafloor. OBCs may also be
deployed in trenches to improve coupling and reduce
noise, such as for the Life of Field experiment for long-
term monitoring of the Valhall oil field, North Sea
(Barkved and Kristiansen, 2005).

OBCs allow imaging of the subsurface with similar
coverage as surface-towed streamers. Furthermore, cou-
pling between receivers and seafloor is generally far better
than for OBSs partly because the mass of the recording
equipment is much smaller, and partly because the deploy-
ment techniques for OBCs facilitate slight “burrowing” of
cables into the seafloor. OBCs are widely used in the oil
and gas exploration industry. The need for a specialized
cable deployment vessel, however, normally makes OBCs
prohibitively expensive for academic research to date.
Ocean bottom seismic nodes
Ocean bottom seismic nodes are individual receivers with
independent recording units – essentially, OBSs without
anchors and flotation devices. They are typically deployed
with ROVs making their deployment relatively expensive
compared to OBSs. Nodes are often deployed to fill cover-
age gaps in OBC surveys, for example, in the immediate
vicinity of platforms where it is unsafe to deploy OBCs
(or OBSs). Nodes are often pushed into the seafloor,
which potentially leads to improved receiver coupling
(Caldwell, 1999).
Ocean bottom seismic sources
By far the majority of active-source OBS surveys use pres-
sure waves generated by airguns towed behind a vessel,
although some ocean bottom sources have been
pioneered, mainly to generate shear waves.

Explosives have been used as sources at the seafloor for
an experiment to record shear waves in boreholes during
Ocean Drilling Program Leg 156 but because of the strong
increase of shear (S-) wave velocity with depth beneath
the seafloor, rays were bent away from the borehole and
did not reach borehole receivers (Peacock et al., 1997).
Furthermore, environmental and health and safety con-
cerns preclude large-scale use of seafloor explosives.

Imploding glass spheres are the source of the
SEEBOSEIS system, for which glass spheres containing
air at atmospheric pressure are punctured on the seafloor
(Nguyen et al., 2009).

Shear-wave “sleds” are occasionally used to study the
high-resolution shear-wave structure of the first few
meters beneath the seafloor. One such system uses an elec-
tromagnetic coil to generate seismic shear energy at the
seafloor. Receivers are dragged along the seafloor behind
the source. This system has been used successfully, for
example, to measure near-seafloor S-wave velocity off-
shore California (Huws et al., 2000).
Applications
P-waves
OBSs have been used extensively in the last 4 decades to
study the crustal structure beneath the seafour (see Deep
Seismic Reflection and Refraction Profiling) from P-wave
traveltime analysis. A typical survey, for example, for
a transect across a subduction zone consists of 20+ instru-
ments spaced between 5 and 20 km. Seismic shot lines
with maximum offsets of often>100 km are acquired with
a large (�4,000–8,000 cu-in = 65–130 l) airgun array.
Often, a coincident seismic reflection profile is acquired
with the shot vessel although, in order to avoid noise from
previous shots to interfere with arrivals from deep targets,
shot intervals for crustal OBS surveys should be much
larger (�60 s, equivalent to 100–150 m shot spacing) than
would be desired for reflection surveying (�15 s)
(Christeson et al., 1996) (see Single and Multichannel
Seismics).

Such a configuration typically allows recording of
reflected and refracted arrivals down to the base of the
crust as well as refracted waves through the upper mantle
(Figure 3). Records are similar to those from land surveys,
albeit often at considerably higher signal-to-noise ratio,
and receivers and shots are reversed; land crustal wide-
angle surveys typically have sparse shot and dense
receiver spacing, whereas marine OBS surveys have
dense shot but sparse receiver spacing.

Data processing often only involves bandpass filtering
and amplitude scaling. Typical sources of noise or data
contamination include reverberations particularly on hori-
zontal components, previous-shot noise, water-column
multiples, and noise from underwater currents that may
shake the instruments.

As for land surveys, data are often displayed using
a reduced traveltime (tred = t � x/vred, where tred: reduced
time, x: source-receiver offset, vred: reduction velocity).
The origin of arrivals is identified and their traveltimes
are picked, followed by traveltime analysis to determine
seismic velocities (see Traveltime Tomography Using
Controlled-Source Seismic Data). The latter is performed
based on ray-trace modeling (e.g., Zelt and Smith, 1992).
In the past decade, traveltime inversion has become
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Ocean Bottom Seismics, Figure 3 Example of an OBS record from offshore the Faeroe Islands with interpreted arrivals (after Eccles
et al., 2009). (a) vertical component, (b) rotated radial component, (c) schematic ray paths. See text in chapter on converted waves for
details on radial component. Reduction velocities 7 km/s for vertical component, 3.9 km/s for radial component. Arrivals P-waves: Pg:
diving wave in the crust, PmP: reflection from the top of the mantle (Mohorovičić discontinuity). Converted S-waves: PPS: S-wave,
converted upon transmission from upgoing P-wave at basalt-sediment interface. Sg: S-wave, converted upon transmission from
downgoing P-wave at basalt-sediment interface and diving as S-wave in the basaltic crust. SmS: S-wave, converted upon
transmission from downgoing P-wave at basalt-sediment interface and reflected as S-wave at the top of the mantle. Sn: S-wave,
converted upon transmission from downgoing P-wave at basalt-sediment interface and diving as S-wave in the mantle. Courtesy
Jennifer Eccles (University of Auckland, New Zealand).
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common allowing better determination of the uncer-
tainties and uniqueness of resulting velocity models
(e.g., Korenaga et al., 2000). However, the uncertainty
from potentially misinterpreting the origin of arrivals is
difficult to quantify.

Coincident OBS and seismic reflection surveys are
being used for high-resolution studies of the first few hun-
dreds of meters beneath the seafloor, in particular to obtain
velocity information in the gas-hydrate zone. Data analy-
sis usually comprises joint analysis of reflected and
refracted P-waves often with additional structural infor-
mation from seismic reflection data (Hobro et al., 1998).
Many of these experiments are designed to achieve 3D
ray coverage, sometimes coincident with 3D seismic
reflection data (Plaza-Faverola et al., 2010). OBS experi-
ments designed for 3D traveltime analysis have also
become more common for surveys targeting the deeper
crust (e.g., Morgan, et al., 2002).

The increased availability of OBSs has also led to
a number of surveys using OBSs with sufficiently dense
spacing to allow imaging of deep crustal structures similar
to seismic reflection data (e.g., Kodaira, et al., 2000).
Advancements in wide-angle migration techniques are
key toward successful imaging with OBSs (e.g., Talwani
and Zelt, 1998). Imaging using OBSs is also improved
by increased reflection coverage by utilizing rays from
seafloor multiples, that is, rays that are reflected at the sea-
floor and sea surface, often referred to as mirror imaging
(e.g., Grion et al., 2007).

High-resolution (sub-seismic-wavelength) P-wave
velocities have been extracted from OBS data using
1D full-waveform inversion techniques similar to those
applied to multichannel reflection data (Korenaga et al.,
1997). Increases in computing power now also allow 2D
visco-acoustic full-waveform tomography (Sourbier
et al., 2009a, b) (see Seismic, Waveform Modeling and
Tomography).

P-to-S converted waves
Identification of P-to-S converted (PS-) waves in horizon-
tal-component records has led to a paradigm shift in ocean
bottom seismics in the late 1990s and early 2000s by the
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use of OBCs for multicomponent seismic exploration
(Figure 2) (see Energy Partitioning of Seismic Waves;
Seismic Data Acquisition and Processing). P-waves are
generated on a shooting vessel. They are partly converted
at layer interfaces to S-waves. Upgoing S-waves are then
recorded with OBCs or sometimes, densely spaced OBSs.
The most prominent PS-arrivals are usually arrivals that
are converted from downgoing P-waves upon reflection
to upgoing S-waves.

Processing sequences for PS-waves require additional
steps compared to conventional P-wave seismic reflection
data acquired with surface-towed streamers (Stewart et al.,
2002). In particular, processing of PS-waves requires sep-
aration of P- and S-waves, a rotation of the horizontal
components such that a maximum amount of energy is
projected into a single component, the radial component,
and various modifications to adjust for the asymmetry of
the PS-raypaths. A key step of data analysis is the correla-
tion of P- and PS-events. Once P- and PS-events from the
same horizons have been identified, determination of the
ratio of P-wave velocity (Vp) over S-wave velocity (Vs)
is straight-forward (e.g., Granli et al., 1999).

Multicomponent PS-wave surveys are being conducted
routinely by the exploration industry, chiefly with the fol-
lowing objectives:

Imaging through gas clouds. P-waves are attenuated sig-
nificantly in gas-bearing layers, whereas S-waves are
almost unaffected by gas. Converted-wave surveys
often yield superior images of structures in and beneath
gas-bearing sediments even though in many cases the
downgoing P-wave still has to penetrate gas (Granli
et al., 1999).

Fluid discrimination. Reflection strength of PS-waves is
onlymarginally affected by the pore fill (through its effect
on density). Therefore, flat spots, oil-water or gas-water
contacts at the base of hydrocarbon reservoirs, which
generate P-wave reflections, usually do not cause any
noticeable PS-reflections (e.g., MacLeod et al., 1999).
For the same reason, PS-waves may help establish
whether high negative-polarity P-wave reflections (bright
spots) are likely to be caused by gas in sediment pores.

Mapping of sand–shale interfaces. Sand and shale layers
often have similar Vp and density, which leads to low
P-wave reflectivity. However, because Vs in sands is
usually considerably higher than in shales, sand–shale
interfaces often cause strong P-to-S conversion and
have been imaged successfully with PS-waves (e.g.,
MacLeod et al., 1999).

Lithology from Vp/Vs. Vp � Vp/Vs crossplots may be
employed to delineate between sands and shales and
to constrain the shale content of reservoir sands (Mar-
grave et al., 1998). Vp/Vs may also allow to distinguish
between different types of carbonates (Rafavich et al.,
1984).

Fracture detection from shear-wave splitting. Near-
vertical fractures common, for example, in carbonate
reservoirs, causes an azimuthal dependence of
velocities, azimuthal anisotropy (see Seismic Anisot-
ropy). The propagation of S-waves that are polarized
perpendicularly to fractures is slower than that of S-
waves polarized parallelly to fractures. This leads to
PS-waves being split into fast and slow waves,
depending on the azimuth of the incoming P-wave,
and allows determination of azimuth and magnitude
of anisotropy, from which fracture orientation can be
inferred (Gaiser et al., 2002).

In recent years, P-to-S converted waves have been uti-
lized increasingly to study Vs in the Earth’s crust (e.g.,
Eccles et al., 2009). Unlike for hydrocarbon exploration,
with the aim of imaging the sedimentary section with
S-waves converted from P-waves upon reflection, studies
of the deeper crust often analyze traveltimes of S-waves
converted from downgoing P-waves upon transmission.
The sediment-basalt interface on the North Atlantic mar-
gin between the UK and Iceland, for example, provided
a conversion horizon to allow determination of Vs in the
deeper crust (Figure 3). Vp � Vp/Vs crossplots allowed
lithological conclusions indicating mixing between conti-
nental crust and mafic intrusions across the ocean-
continent transition and the presence of sub-basalt sedi-
ments on the Faeroe Margin (Eccles et al., 2009).

Wide-aperture (wide-azimuth) studies
Wide-aperture studies are increasingly conducted in the
hydrocarbon exploration for “undershooting” in order to
illuminate the subsurface beneath features that are difficult
to penetrate with seismic energy and/or exhibit prominent
localized velocity anomalies, such as gas clouds or salt
domes: Rays in wide-aperture surveys may bypass these
features and reach deeper targets of interest. The length
of seismic streamers towed behind the same vessel that
tows the airgun sources may not be sufficient for wide-
aperture studies. Seismic arrivals at wide apertures may
be recorded with surface-towed streamers by using sepa-
rate vessels for sources and receivers. Alternatively,
receivers deployed at the seafloor may be used. An acqui-
sition campaign partly aimed at obtaining wide-aperture
data across the Atlantis Field in the deep-water Gulf of
Mexico involved 900 ocean bottom seismic nodes (Barley
and Summers, 2007). 3D surveys with ocean bottom
receivers also provide illumination of seismic targets from
different azimuths (multi-azimuth surveys), which allows
analysis for azimuthal anisotropy and may improve image
quality. Wide-aperture seismic in the hydrocarbon explo-
ration industry is often acquired as part of “seismic-on-
demand” 4D surveys over permanently installed seismic
surveillance systems such as at the Valhall Field (Barley
and Summers, 2007 and references therein).

Passive-source seismology
The use of modern storage media has led to a decrease in
power consumption and an increase of storage capacity
allowing deployments of OBSs for several months to over
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a year to record natural seismicity (Figure 4). Because of
the lower frequencies of natural seismic sources usually,
broadband geophones are used with a lower resonance fre-
quency than the 4.5 Hz geophones typically used for
active-source surveys. Both local seismicity and
teleseismic events are being evaluated similarly to data
from land-seismic records. Unlike for land data, however,
receiver location and geophone orientation need to be
established. Local noise conditions in the deep oceans
vary significantly throughout the seasons, but in general,
noise is higher than on well-placed land stations. In addi-
tion, the seismic waveforms are contaminated by water-
column multiples.

A very different application of passive-source ocean
bottom seismology is to measure seafloor compliance.
Pressure variations from ocean waves (gravity or infra-
gravity waves) are being transmitted into the seafloor. Sea-
floor compliance is the transfer function between pressure
loading and seafloor deformation. This transfer function is
determined as a function of frequency and depends largely
on the subsurface shear modulus (Crawford et al., 1991).
Pressure variations are typically recorded with differential
pressure gauges, seafloor deformation derived from accel-
eration measured with self-leveling gravimeters. The fre-
quency range of the analyzed pressure variations
depends largely on water depth – because of the disper-
sion of ocean-surface waves, short-period waves are not
transmitted into deeper waters. The resolution of subsur-
face shear-modulus analyses from compliance measure-
ments decreases with decreasing frequencies. As an
example, the frequency range for studying gas-hydrate-
bearing sediments at 1.3 kmwater depth and 2 km beneath
the seafloor was 0.003–0.049 Hz (Willoughby et al.,
2008).
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Future developments
One of the most significant challenges for autonomous
OBSs is still the power supply. Both data loggers and stor-
age media are becoming increasingly energy efficient.
Together with new battery technology and further
improvement of fuel cells, this is leading to reduction of
weight and size of instrumentation. Some study areas
may provide additional power sources, such as thermal
energy. Weight and size reduction in modern instruments
is achieved in most cases by installing all the components
in a single glass sphere. On the other hand, glass spheres
require increased service efforts and precautions com-
pared to more robust, but larger and heavier titanium pres-
sure casing.

The use of ocean bottom sensors in permanent ocean-
floor observatories is likely to become more common.
OBSs have already been installed for long-term monitor-
ing at seafloor observatories (e.g., GEOSTAR, Beranzoli
et al., 2003) and have been integrated in deployments for
tsunami warning systems. These observatories generally
have the capability of data transmission to shore. Regional
studies usually require a deployment of an array of sensors
distributed over an area of several square kilometers. Sev-
eral seismic seafloor observatories have been established
to study the seismogenic zone offshore of Japan and
a network of 20 instruments is being developed as part
of the Japanese Dense Oceanfloor Network System for
Earthquakes and Tsunamis (Kaneda et al., 2009).

Combined seismic and electromagnetic field experi-
ments are becoming more common as the combination
of both methods is proving powerful for studying subsur-
face lithology (Constable and Srnka, 2007 and references
therein). Despite significant technical challenges, espe-
cially with contamination of electromagnetic signals from
the seismic instrumentation, it is conceivable that future
ocean bottom instruments will include sensors for both
seismic and electromagnetic waves.

The use of OBCs and nodes for hydrocarbon explora-
tion and field appraisal appears to have become
a “mainstream” technique. While costs for deployments
of either type of instruments are still high compared to
conventional 3D streamer seismic, they need to be
weighed against the risk of mispositioning considerably
more expensive appraisal wells (Barley and Summers,
2007). Furthermore, several hydrocarbon fields are now
being monitored with permanent installation of ocean bot-
tom sensors for repeat-seismic surveys in order to guide
field development (Barley and Summers, 2007 and refer-
ences therein).
Conclusions
The last decade has seen a substantial increase of ocean
bottom seismic studies. While seafloor seismic sources
are rarely deployed, the use of seafloor seismic sensors
has established itself primarily for recording offshore
wide-angle data, P-to-S converted waves, and natural seis-
micity. Academic research surveys, for studying the
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deeper crustal structure, are usually conducted with auton-
omous OBSs, which are relatively inexpensive and versa-
tile. Surveys by the exploration industry for evaluating
and developing hydrocarbon reservoirs mostly involve
deployment of ocean bottom cables or ocean bottom seis-
mic nodes, which give superior data quality compared to
OBSs but at much higher cost. In recent years, permanent
deployment of instruments has become more common in
ocean bottom observatories and for monitoring the devel-
opment of hydrocarbon fields. The rapid development of
ocean bottom seismic instruments is leading to improve-
ments in reliability, data quality, and efficiency, which
makes it likely that ocean bottom seismics will continue
to expand significantly in the future.
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Definition
The oceanic spreading center, also known as the
midocean ridge, is an underwater mountainous feature
lying between the two lithospheric plates, through which
new magma material being continuously spread out and
lead to growth of the lithospheric plates.

Ridge structure, partial melted mantle upwelled
through the midocean ridge, forms a 3–6 km thick basaltic
crust, but at a later stage the same crust moves away from
the ridge crest and allows growth of mantle component.

Introduction
The rigid surface layer (generally about 70–100 km thick)
of the Earth comprising the crust and uppermost mantle,
termed as lithosphere, is divided into a number of tectonic
plates. Presently, there are about eight primary plates,
namely, North American, South American, African,
Indian, Australian, Antarctica, Eurasian, and Pacific;
seven secondary plates; and several more tertiary
plates covering the Earth’s surface (for details, see
wikipedia web site: http://en.wikipedia.org/wiki/
List_of_tectonic_plates). The lithospheric plates are
bounded by one of the three main types of geological fea-
tures: (1) midoceanic ridges, (2) subduction zones, and
(3) transform faults. The boundaries are narrow deforming
zones and are associated with intense seismicity, whereas
the plate’s interiors are relatively stable. The plates upon
which continents and ocean floor lie are in continuous
motion at a speed of few centimeters per year. Each plate
is in relative motion with respect to the other on the surface
of the Earth. The relative motion produces new crust
at midoceanic ridges and consumes old lithosphere at
subduction zones. Apart from these tectonic processes,
plates do undergo breakups and unifications through
geologic time.
Morphology and spreading rates of midoceanic
ridge
A midocean ridge is an underwater linear physiographic
feature and serves as a divergent tectonic boundary
between two lithospheric plates. The midocean ridges,
those encircle the entire globe, are physically connected
and extend for a total length of about 65,000 km as
a single global entity in the world oceans (Figure 1). Many
of the major oceanic ridges in the world oceans have been
reconfigured in the geological past that led to unification
and split of the lithospheric plates. One of the well-
mapped ancient oceanic ridges in the Indian Ocean is the
Wharton Ridge, once separated the Indian and Australian
plates, and the ridge cessation at about 42 million years
ago led to unification of both the aforesaid plates into
a single Indo-Australian plate (Liu et al., 1983; Krishna
et al., 1995).

On the ocean floor, long, linear, and elevated features
are observed with variable seafloor undulations
(Figure 2). They are the places where magma is continu-
ously upwelling and being added to the previously formed
oceanic crust on either side. The upwelling magma rates
along the global midoceanic ridges are not fixed; they
greatly vary with a range from 6 to 200 mm/year. Follow-
ing the seafloor expansion rates, the midoceanic ridges are
classified into categories of slow, intermediate, and fast
spreading ridges. The Gakkel midoceanic ridge located
in the Arctic Ocean between Greenland and Siberia
(Figure 1) is the slowest spreading ridge with an upwelling
magma rate of about 6 mm/year. On the other hand, the
East Pacific Rise particularly in equatorial zone generates
magma at the fastest rates up to 200mm/year. The seafloor
morphology on the flanks of the midoceanic ridge is
largely controlled by the rate of seafloor expansions. Fast
expansion spreading rates contribute to generally smooth
and flat seafloor surfaces in the vicinity of the ridge, while
the slow expansion spreading rates add exceptionally
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rough surfaces. The slow spreading ridges are generally
marked in their crest parts by an axial valley, called rift,
which is clearly distinguishable along the Carlsberg Ridge
in northern Indian Ocean (Figure 2). The ridge crest is
strongly characterized by rugged topography, steep valley
walls, and wide rift valley floor (Kamesh Raju et al.,
2008). Further, the long ridge segment is bisected by
less-known non-transform discontinuities.

Internal structure of the midoceanic ridge
Along the midocean ridge, the lithospheric plates grow,
which eventually lead to partial melting of the upwelling
mantle and to form a layer of basaltic crust 3–6 km thick.
Close to the ridge crest, the lithosphere may consist of oce-
anic crust only, but at a later stage the same crust moves
away from the ridge crest and allows growth of mantle
component due to thermal cooling. Both lithosphere and
elastic plate thicken continuously with the age of the
ocean floor until about 60 Ma and stabilize thereafter.

A seismic image across the East Pacific Rise is shown
in Figure 3 (Detrick et al., 1987). It shows the reflections
received from an interface present at about 6 s two-way
travel time possibly marking a Moho boundary and
reflections from a shallow event indicating the top of
a crustal low-seismic-velocity zone (LVZ). Detrick et al.
(1987) interpreted the top of the LVZ as the roof of an
axial magma chamber (AMC) within the crust beneath
the ridge axis. On either side of the chamber, the reflec-
tions are weaker and perhaps represent the frozen top
of the magma chamber body (shown with arrows in
Figure 3). Also, the reflections from Moho boundary are
absent below the magma chamber. A sketch of the
interpreted seismic structure of the East Pacific Rise is
presented in Figure 4.
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Ocean, Spreading Centre, Figure 3 Seismic reflection cross section across the East Pacific rise shows the internal structure
of the oceanic crust beneath the ridge axis. AMC represents significant seismic signals reflected from the roof of an axial magma
chamber. Solid arrows on either side mark relatively weaker reflections, perhaps representing frozen top of magma chamber,
away from the ridge axis. M indicates the Moho boundary. The image is reproduced from Detrick et al. (1987).
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Ocean, Spreading Centre, Figure 4 A sketch showing the crustal structure beneath the East Pacific rise (Reproduced from Detrick
et al., 1987).
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Under some midoceanic ridge segments, it is found that
the axial magma chamber is either small or absent alto-
gether. For example, multichannel reflection experiment
carried out on the Mid-Atlantic Ridge (Detrick et al.,
1990) did not find evidences for the presence of
intracrustal reflections associated with an axial magma
chamber. Seismic experiments, in general, demonstrated
that along slow-spreading ridges, magma chambers are
either absent or extremely short-lived, if at all they exist.

Seismic experiment carried out on a ridge segment
between 8� and 9�S of the Mid-Atlantic Ridge revealed
largely a different seismic structure from that of the East
Pacific Rise. In general, an axial magma chamber is not
traceable within the Mid-Atlantic Ridge crust. Velocity
models of the Mid-Atlantic Ridge segment (Minshull
et al., 2003) suggest a total thickness of crust ranging from
6.5 to 10 km with individual layers 2 and 3 having thick-
ness of approximately 3 and 5 km, respectively
(Figure 5). The velocity heterogeneities are much greater
in layers 2A and 2B, ranging from 2.65 to 3.0 km/s and
4.6–6.8 km/s, respectively, while the velocities in layer 3
are remarkably uniform.
Relationships between spreading rate, seismic
structure, and ridge-axis morphology
Geophysical experiments over the global midoceanic
ridges have led to the discovery of some explicit relation-
ships between spreading rate, seismic structure, and ridge-
axis morphology. Purdy et al. (1992) found that as full
spreading rate decreases from 150 to 20 mm/year, the
depth to the top of the axial low-seismic-velocity zone
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(LVZ) increases from ~1 to ~4 km. In another study,
Minshull et al. (2003) established a relationship between
crustal thickness and ridge-axis morphology at constant
spreading rate. The ridge segments having large crustal
thicknesses are associated with rifted axial highs, whereas
the segments with reduced crustal thickness have deep
axial valleys. Investigations over the midoceanic ridges
have also proven that they are important locations for
metallic mineral deposition (Rona, 1980).

Summary
A midocean ridge, an underwater mountainous feature,
extends for a length of about 65,000 km as a single contin-
uous body in the global oceans. It is a window to the
Earth’s interior, through which magma is continuously
upwelling and drives the lithospheric plates on either side
in order to accommodate newly accreted crust. Many of
the oceanic ridges in the world oceans have been aban-
doned in the geologic past and led to resume the activity
elsewhere either in the intra-oceanic or intracontinental
plate regions. Partial melted mantle upwelled through the
midocean ridge forms a layer of basaltic crust 3–6 km
thick, but at a later stage the same crust moves away from
the ridge crest and allows growth of mantle component.
The upwelling magma rates along the mid-oceanic ridges,
in general, control the internal structure. Fast spreading
ridge such as East Pacific Rise has an axial magma cham-
ber (AMC) at a shallow depth within the crust, whereas
beneath an intermediate spreading ridge, the Mid-Atlantic
Ridge, an axial magma chamber, is not traceable. Geo-
physical experiments over the global midoceanic ridges
have found some explicit relationships between spreading
rate, seismic structure, and ridge-axis morphology.
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Definition
Intense deformation of the oceanic crust in themiddle of the
Indo-Australian plate is not anticipated as per the theory of
plate tectonics, because the plate’s interiors are considered
rigid, and deformation area is limited to narrow zones
occurring at the plate boundaries only. Compression is an
accepted mechanism for the deformation and related to
plate end dynamics, spreading ridge push and slab drag at
trench, its temporal and spatial evolution is still being
debated. The recent scientific studies results should provide
more evidences in support of early Neogene origin of the
Himalaya and its backward push resisting northward
motion of the Indian Plate resulting in compression and
the deformation of large areal extant in the Indian Ocean.
Introduction
Deformation of the late Cretaceous crust of the Central
Indian Ocean Basin (CIOB) in the middle of the Indo-
Australian plate between 5� N and 10� S (Figure 1) is puz-
zling and is contrary to the paradigm that plate’s interiors
are rigid and deformation occurs at plate ends only. Seismic
imaging of the upper crust and overlying sediments of the
CIOB area have revealed intensely deformed crust
consisting of anticline structures. Satellite Free-air gravity
anomalies show E-W structural trends. The mid-plate
deformation area is �1,600 km wide and �3,300 km long
between the Central Indian Ridge in the west (CIR) and
Sunda Trench (ST) in the east. Gordon et al. (1998) named
it as “Diffuse Plate Boundary” between India and Australia.
The putative boundary has deformed along its entire length
as the plates jostle against each other (Kerr, 1988). But
earthquake focal mechanism studies suggest north-south
crustal deformation due to compression in CIOB and
right-lateral strike-slip faults along the Ninetyeast Ridge
(NyR), bounding the deformation area in the east (Stein
and Okla, 1978). Microseismicity studies indicated epi-
sodic tectonic activity in the deformation zone
(Neprochnov et al., 1988). Recent seismic reflection inves-
tigations have noted periodic deformation of Miocene (7.5–
8.0 Ma), Pliocene (5.0– 4.0 Ma), and Pleistocene (0.8 Ma)
ages due to in-plane (spreading ridge push from south) com-
pressive forces (Krishna et al., 2001b). Closely spaced high-
angle faults (Figures 2b and c) and tight folds are the charac-
teristic features marking intense deformation. Subsidence of
the crest of anticline structures against vertical faults
(Figure 2d) indicates extension in compressional regime.
Strike-slip faults with some dip-slip component near the
CIR, right-lateral strike-slip faults and north-south compres-
sion of the CIOB, and left-lateral strike-slip faults and north-
south compression of the Wharton Basin (WB) adjoining
CIOB in the east are the striking dissimilarities in strain pat-
tern noted from earthquake focal mechanism solutions
(Delescluse and Chamot-Rooke, 2007). But the time of ini-
tiation of deformation in this region is not known for certain.

The characteristic anticline structures, 100–300 km
long, 1–3 km high, and sediment-filled troughs, are
bounded by longitudinal fractures zones (Fzs.) and east-
west faults extending to basement (Figure 1). They are
superposed by short wavelength E-W folds within the sed-
iments at the crest (Figures 2a, c, and d) and high-angle
reverse faults (Figure 2b). These are explicit expressions
of ongoing tectonics of the deformed crust and overlying
sediments. The style of deformation and strain pattern in
the CIOB and at the three plate (India, Australia, and Cap-
ricorn) boundaries are site-specific and mark varied mech-
anisms of deformation and localized tectonics of the
present and past times as well.

Several geophysical investigations including Deep Sea
Drilling studies have been carried out in the area to under-
stand physical processes and onset time of deformation.
According to these studies, the deformation occurred by
one of the following processes: (1) in-plane compression
created by the plate end geodynamics and resistive forces,
(2) thermo-mechanical subsidence under excess loading of
igneous material initiating lithosphere flexure and eventu-
ally leading to crustal deformation under compression, or
(3) periodic deformation due to resistive forces (backward
push) due to the stationary Himalayas and plate end
geodynamics – ridge push from the south and slab drag at
the trench in the north. Even though, it is generally accepted
that the mountain-building activity at the plate end in north
and deformation of the CIOB are tectonically related, the
Himalaya’s temporal and spatial evolution has always been
debated and it still remains a big scientific question. Further-
more, it is not clear whether the lower crust and entire lith-
osphere are involved in the deformation. The lower crustal
(oceanic crust 3A) P-wave velocity (7.9 km/s) beneath the
anticlines was found to be anomalously low (Louden,
1995; Neprochnov et al., 1998) and could not be unambig-
uously explained by any single physical process in the
absence of further evidences. An overview of recent inves-
tigations on temporal evolution of the Himalayas and Tibet
plateaus, structure of the northern Indian Ocean crust and
sediments and sedimentary basins tectonics of the north-
west continental margin of India (WCMI) is presented in
the following, which shall provide some crucial evidences
to address some of these points raised above.
Temporal evolution of the Himalaya and Tibetan
Plateau
Geologic structure and tectonics of the Tibetan Plateau
have been investigated extensively to constrain temporal



Oceanic Intraplate Deformation: The Central Indian Ocean Basin, Figure 1 Mosaic of deformed crustal blocks. Heat flow budget
shown in color coded rectangular grid. Squares with patterned lines inside are deformed blocks of the Central Indian Ocean Basin.
Open and closed circles are Deep Sea Drilling Project (DSDP) and Ocean Drilling Project (ODP) drill sites, respectively. Black
continuous lines with numbers are seafloor spreading magnetic isochrons. Black dotted (closed line) is the limit of the deformed
blocks imaged. FZ fracture zone, ASC Abandoned Spreading Center, ANS Afanasy Nikitin Seamount. Arrows are compression/
extension directions. (Modified after Gopala Rao et al. (2004), heat flow budget from Delescluse and Chamot-Rooke (2007)).
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evolution of the Himalayas. The most significant observa-
tions are: (1) fossil leaf assemblages (Spicer et al., 2003)
and stable isotope Paleo-altimetry studies (Rowley and
Currie, 2006) of the southern and central Tibetan plateaus,
respectively, which indicate that the plateau attained its
present elevations, (�5,000 m) long before 8 Ma and
sometimes between 15 and 35 Ma ago instead of rapid
increase in height. (2) Rapid denudation of the Tibetan
Plateau occurred during 21 to 15 Ma ago (Harrison
et al., 1992), leading to flat surfaces of the plateau of the
western Himalayas and the southwest Tibetan Plateau
areas requiring the same geological processes and the time
of formation (Unsworth et al., 2005), (3) the existence of
high Himalayas prior to 15Ma leading to push southwards
causing the crust deformation in CIOB (Gordon, 2009).
Paleogene granetoids, relicts of the intra-oceanic island-
arc assemblages are observed beneath the Himalayas and
Tibetan Plateau. Aitchison et al. (2007) have proposed
the existence of Cretaceous back-arc basin island-arc
and its closure �20–25 Ma after the initial collision
50–55 Ma (Muller, 2010), (4) diachronous uplift of the
Tibet Plateau (Chung et al., 1998) and trench migration
(Capitanio et al., 2010) immediately after initial collision
of the Indian Plate with Eurasian Plate infer the early
mountain ranges building. The contemporaneous tecton-
ics and geologic processes can be considered to support
the early temporal evolution of the Himalayas and its
impact on the deformation of the CIOB crust.
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Oceanic Intraplate Deformation: The Central Indian Ocean Basin, Figure 2 (a–d): Seismic image of the deformed crustal blocks.
(a) Long wavelength deformed crust shows primary and secondary deformations. (b) High angle thrust faults. (c) Long wavelength
fold superposed by closely spaced folds bounded by vertical faults extending to basement. (d) Long wavelength fold with
subsided crest part against normal faults. (Modified after Neprochnov et al. (1998)).
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Crustal processes in the northern Indian Ocean
and CIOB
Recent geophysical investigations have brought to light
several anomalous crustal processes that could be
explained by plate end geodynamics, and are discussed
in the following sections.
The northern Indian Ocean
Pause in the seafloor spreading during Oligocene, 42 to
24 Ma, in the East Arabian Sea (EAS) (Chaubey et al.,
1998), late Oligocene-mid Miocene turbidite sediments
in the EAS (Clift et al., 2002; Gopala Rao, 2008) and in
the Bay of Bengal (Gopala Rao et al., 1997; Gopala Rao,
2008), rapid subsidence of sedimentary basins of WCMI
during late Oligocene and Miocene (Whiting et al.,
1994), and the deformation of the CIOB crust/lithosphere
prior to 20 Ma are contemporaneous and unique imprints
noting active geological processes of the northern Indian
Ocean. Lower Miocene age turbidites are possibly eroded
from the high Himalayas and Tibetan Plateau and some of
them reaching beyond equatorial region. Therefore, the
anomalous crustal features shall mark the period of active
tectonics in the northern Indian Ocean crustal processes.
The central Indian Ocean Basin (CIOB)
The CIOB crust in Figure 1 is late Cretaceous according to
seafloor spreading magnetic isochrons 34 to 28 (Norton
and Sclater, 1979). It is diachronous in age in the east as
an extra oceanic crust was transferred between 86� E Fz
(Fracture Zone) and NyR (parallel to 90� E) from Antarc-
tic plate to Indian Plate during 60 and 42 Ma (Krishna
et al., 1998). Furthermore, Abandoned Spreading Centers
(ASCs) are also observed in the CIOB (Figure 1) and its
adjoining regions. A 1.5-km high and 10-km wide struc-
ture associated with 8 mGal gravity high is present in cen-
ter of a trough between anticlines associated with long
wavelength gravity low of 20 mGal. It has been identified
as serpentinite diapires structures of Paleogene age
(Krishna et al., 2002). The low P-wave velocities of the
oceanic layer 3A of the anticline structures infer
serpentinites at subcrustal level.

Presence of serpentinites rocks along flanks of the volca-
nic Afanasy Nikitin Seamount (ANS), an edifice (�3.5 km
in length,�1.6 kmwide and�3.5 kmhigh) of subaerial ori-
gin of the late Cretaceous in the middle of the deformation
area, has been reported by Murdmaa et al. (1998). The
tectono-magmatism, spreading ridge migration onto earlier
evolved oceanic crust and presence of heterogeneous
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(semi-ductile-serpentinites) crustal rocks point to reheating
of the diachronous age crustal rocks in the CIOB area dur-
ing the geological past (Figure 1). Due to the ongoing tecto-
nism the crustal layers response might vary resulting varied
physical properties of the lower crust rocks and contributing
to selective deformation in the anomalous area. Kasintsev
and Sborshchikov (1998) from analyses of the magmatic
rocks collected along flanks of the ANS during MIR sub-
mersible cruise have noted evidences for continued
tectono-magmatism since Paleocene. The tectonism might
have as well prevailed in the CIOB as the ANS is placed
in the middle of the deformed zone under compression.
The diapires are characteristic features of the deformed crust
blocks that evidently confirm compression tectonics as
major component (Figures 2a and b) and early tectonics.
A mosaic of the deformed crustal blocks/anticlines imaged
in the CIOB (Neprochnov et al., 1998) and superposed
gridded heat flow (Delescluse and Chamot-Rooke, 2007)
(Figure 1) show wide deformation around the chain of the
ANS of large dimension and excess heat flow around the
emplaced igneous rocks.

Pelagic (pre-fan sediments) and pre-deformation sedi-
ments above the basement are �1.6 s and 1.2–1.4 s thick,
respectively. They are 1.5–2.2 s (TWT) thick in the south
and 2.3–2.6 s in the north of the deformation area
(Levchenko and Milanovsky, 1998) (Figures 2a–d).
Numerous elongated seafloor rises of 15–20 m highs
and about 45 kmwide features are superposed along crests
and flanks of the deformed blocks (Figure 2a).

The NE to ENE – SW toWSW trends of the free-air sat-
ellite gravity anomalies of the Wharton Basin (WB) to the
east of the CIOB (Louden, 1995) differ from E-W trends
of the CIOB. Furthermore, the anticline structures consist
of low velocity (�7.9 km/s) oceanic crust, layer 3b
(Figure 3a) (Neprochnov et al., 1998). High average heat
flow of 65mW/m², which is 12mW/m² higher than average
of 54 mW/m² for the 70 Ma age crust of the CIOB (vary
from 44 to 161 mW/m²), was observed by Verzhbitsky
and Lobkovsky (1998). Each deformed blocks heat flow
and the high anomalous heat flow associated with the
ANS reflect excess heating of rocks of the CIOB area.

The mass sediment fluid flows, turbidites of the north-
ern Indian Ocean, seafloor spreading processes in the
EAS, and rapid subsidence of the WCMI sedimentary
basins mark intraplate kinematics. The high mountain
ranges’ eroded sediments have reached the ocean basins
since beginning of Neogene. The Cretaceous Paleo-
Tethys Ocean (comprises of continental margin, mid-plate
volcanic island-arc and back-arc basin) volcanic island-
arc subduction was suggested 20–25 Ma later to initial
plate’s collision (Muller, 2010). So, it is possible that there
was pause in plate motions due to the subduction of island-
arc during the initial stage (locking) as it is likely to dimin-
ish northward slab pull decelerating India’s northward
motion and seafloor spreading in the EAS. On completion
of subduction of the arc and closure of Cretaceous back-
arc basin (unlocking) the subduction slab pull force had
resumed at plate boundary in the north, which might have
allowed resumption in seafloor spreading in EAS. There-
fore, the high raised Himalaya’s erosion has contributed
to the turbidite sediments that are traced up to 8� S in the
northeast Indian Ocean. Periodic crustal deformation
was observed in CIOB and was attributed to the
Himalaya’s Tectonics (Krishna et al., 2009b). Paleogene
granetoids of island-arc beneath the Himalayas/Tibetan
Plateau mark suturing process at plate end in the north
prior to the subduction. The turbidites, seafloor spreading,
and the basin’s tectonics are result of plate end
geodynamics at least since�30 Ma. The onshore and off-
shore geologic records can be considered to mark tecton-
ics of the Himalayas; especially the outward push shall
indicate crustal deformation (extension and compression)
of the CIOB crust in a wide area. It implies that the selec-
tive deformation in CIOB is due to anisotropic geologic
structure, which favored the deformation besides plate
end geodynamics.

The observed intense intraplate oceanic crust deforma-
tion and the associated geophysical signatures can be
explained assuming three-layer oceanic crust consisting
of oceanic layers 2, 3A, 3B (Figure 3a), and two-level
plate tectonic model (Figure 3b) similar to the one
suggested earlier by Lobkovisky (1998). The low velocity
viscoelastic serpentinites creep reported in the lower crust
might have evolved either in situ due to dewatering during
the deformation process or was part of crust/lithosphere
during the seafloor spreading process and moved north-
ward as a part of oceanic plate. The changes in rheology
and the presence of the viscoelastic creep in the form of
serpentinites possibly favored the selective deformation
in the middle of the large Indo-Australian plate, culminat-
ing in the spatial and temporal variation of deformation
and their geophysical signatures. Beneath the Tibetan pla-
teau also mid-crustal fluid flows are inferred from resistiv-
ity and seismic reflection images and was inferred for the
tectonics and uprise of the Himalayas/Tibet (Unsworth
et al., 2005). The records of folded sediments along flanks
and subsidence at the crest of the deformed blocks indicate
later stage tectonics, reactivation, and deformation. Dur-
ing the ongoing tectonic process, the penetration of faults
to subcrustal lithosphere, thrust faults reactivation, and
development of series of syn-genetic faults at upper brittle
crustal levels might have occurred.

The fault and structural style, temporal and spatial varia-
tions in compression and stress/strain distribution, and the
long and short wavelength deformations of the crustal blocks
are explicit expressions of the regional and localized tectonic
processes. Despite the best effort to unravel the temporal and
spatial evolution of deformation, it is not yet possible to
explain whether the deformation is confined to crustal
(upper?) level only or the entire lithosphere is involved.
Summary
Intense deformation of the late Cretaceous oceanic crust of
the Central Indian Ocean Basin (CIOB) in the Indian
Ocean equatorial region, between the Central Indian Ridge
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(CIR) in the west and the Sunda Trench (ST) in the east, is
noted for ongoing, periodic, and plate end geodynamics
especially resistive forces of the high Himalayas against
the northward moving Indian plate oceanic crust.

The tectono-magmatism, spreading ridge southward
migration onto the already evolved late Cretaceous oce-
anic crust and large extrusion of volcanics in the form of
voluminous seamounts of the area during early Tertiary
and Eocene are unique geodynamic crustal processes that
might as well contribute to altered thermal regime of the
past and changes in crustal rocks properties responding
differently to external forces.

The numerous onshore and offshore proxy evidences
shall support the early Neogene origin of the Himalayas,
which contributed to the southward push onto northward
moving oceanic crust since their formation.

The question unanswered is whether deformation is
limited to crust only or entire lithosphere, which needs to
be understood by probing deeper parts of the lithosphere
as it is classical example of crustal deformation.
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PALEOMAGNETIC FIELD INTENSITY
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Synonyms
Archeointensity; Paleointensity

Definition
Absolute paleointensity: a paleomagnetic measurement of
geomagnetic field intensity recorded at the time and place
that a measured material acquired a thermoremanent
magnetization.
Archeointensity: an absolute paleointensity estimate pro-
duced from a material (frequently, a heated archeological
artifact) which acquired its thermoremanent magnetiza-
tion in archeological times.
Relative paleointensity: the record of relative geomagnetic
intensity variations measured from the natural remanent
magnetization of sedimentary rock samples.
Cosmogenic isotope paleointensity: the record of relative
geomagnetic intensity variations measured using the con-
centration of cosmogenic isotopes as a proxy.

Introduction
Direct measurements of the intensity of the geomagnetic
field only became possible in 1832 when a method of
obtaining them was developed by Carl Frederich Gauss
(Stern, 2002). If we wish to know how the field intensity
has varied before this time, then we are required to use
the geological and archeological records to make indirect
measurements. Paleomagnetic approaches are based on
the principle that, for weak fields such as the Earth’s, the
intensity (Manc) of the natural remanent magnetization
(NRM) recorded by a material is linearly proportional to
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
the strength (Hanc) of the paleofield. For absolute
paleointensity measurements, the material in question
must have acquired a thermoremanent magnetization
(TRM) whereas, for relative paleointensity, it is required
to be a depositional (DRM) or postdepositional (pDRM)
remanent magnetization. Unfortunately, for all types of
remanence, the constant of proportionality linking the
magnitude of the NRM to the paleofield intensity is
a sensitive and complicated function of the magnetic prop-
erties of the recording material and extremely difficult to
measure directly. Absolute paleointensity experiments
obviate this difficulty by imparting the sample with
a new TRM (Mlab) in the laboratory by heating the sample
up and cooling it in a controlled field of known intensity
(Hlab). The linear relationships betweenM and H can then
be combined to eliminate the constant and solve for the
ancient field intensity:

Hanc ¼ Manc

Mlab
Hlab (1)

Depositional-type remanences cannot be reliably

reproduced in the laboratory and therefore paleointensity
experiments performed on sediments produce records
only of relative variations in Hanc.

In order for any type of paleointensity measurement to
be useful, an independent estimate for the age of the mag-
netization (often assumed or demonstrated to be the same
age as the material) is usually required.
Absolute paleointensity measurements
Absolute paleointensity experiments may only be
performed using materials which have cooled from ele-
vated temperatures in nature and which therefore possess
a TRM imparted by the ambient (geomagnetic) field.
Materials that may be used include any fired archeological
materials (ceramics, kiln lining, hearths, burnt bricks,
90-481-8702-7,
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etc.), most types of igneous rocks, and metamorphic rocks
(e.g., baked sediments), which have been extensively
reheated.

Producing unequivocally accurate measurements of the
absolute paleointensity is extremely demanding since
there are a large number of factors which can potentially
bias the estimate. The list below describes the criteria that
a hypothetically ideal absolute paleointensity estimate
would meet.

1. The remanence carriers must retain a pure TRM and
have undergone no chemical or physical changes since
cooling beneath their Curie temperature (see e.g.,
Fabian, 2009).

2. Any secondary components of magnetization (e.g.,
viscous or isothermal overprints, see Remanent Mag-
netism) must be removed so that the primary TRM is
isolated.

3. The remanence carriers must undergo no chemical or
physical alteration as a consequence of the laboratory
heating that is required to obtain the paleointensity
(or this must be corrected for; see, e.g., Valet et al.,
1996).

4. The remanence carriers should be noninteracting single
domain grains or at the least, it must be shown that
multidomain, vortex state, or magnetically interacting
grains are not biasing the measurement by violation
of Thellier’s laws of thermoremanence.

5. Any anisotropy of TRM must be avoided or corrected
for (see e.g., Selkin et al., 2000).

6. Any effect that the difference in the cooling rate
between the natural and laboratory cooling cycles has
on the calculated paleointensity must be corrected for
(see e.g., Perrin, 1998).

7. Any deviation from Thellier’s law of linearity must be
detected and corrected for (Selkin et al., 2007).

8. The number of individual sample estimates from a sin-
gle rock unit or archeological horizon must be suffi-
cient to obtain a reasonable mean and to demonstrate
internal consistency (see e.g., Biggin et al., 2003).

The high failure rates and time-consuming nature of
many absolute paleointensity studies has stimulated
a wealth of innovation in terms of both the types of mate-
rials which are used and the manner in which the experi-
ments are performed. In the former respect, two
noteworthy materials are submarine basaltic glass (SBG)
generally taken from ocean drilling cores and ophiolites
(Tauxe, 2006), and single silicate crystals isolated from
both extrusive and intrusive igneous rocks (Tarduno
et al., 2006). Both of these have been argued to be higher
fidelity recorders (less prone to problems numbered 1, 3,
4, and/or 6 in the list above) than more conventional
paleointensity recorders (e.g., whole-rock subaerial lava
samples).

In addition to providing an estimate, the choice of abso-
lute paleointensity methodology is also made to enable
verification of some or all of the criteria that are listed
above. To some extent, this may be achieved directly
through the paleointensity experiment itself, but it is also
very common for supporting rock magnetic, microscopic,
and/or paleodirectional experiments to be undertaken for
this purpose. Table 1 summarizes some of the more com-
monly used absolute paleointensity techniques and pro-
vides the relevant references. The Thellier method
(Thellier and Thellier, 1959) and its derivatives remains
the most widely used and trusted technique. These are
based on stepwise removal of the NRM alongside simulta-
neous stepwise replacement with a laboratory TRM. For
a general introduction to this method and some of the other
techniques listed in Table 1, the reader is directed to com-
prehensive reviews by Tauxe and Yamazaki (2007) and
Valet (2003).
Relative paleointensity measurements
Paleomagnetic analyses of sedimentary rock and soft sed-
iment samples can produce continuous time series of geo-
magnetic intensity variations, which may be calibrated
using absolute paleointensity estimates or used alone as
records of relative geomagnetic behavior. Relative
paleointensity studies are generally undertaken on the
assumption that the samples retain a depositional rema-
nent magnetization (DRM) acquired as the magnetic
grains in the sediment physically align themselves during
or shortly after deposition from the water column. The
DRM acquisition process is sensitively related to the size,
shape, and composition of the remanence carriers and is
further complicated by flocculation effects in saline envi-
ronments. Much later, the intensity of the magnetization
can be significantly affected by consolidation and com-
paction processes (see review by Tauxe and Yamazaki,
2007).

Some normalization of the measured magnetization
intensity is required to account for changes (which should
ideally be small) in the concentration and nature of the
magnetic recorders and produce a record of geomagnetic
intensity variations. Candidates for normalization include
anhysteretic remanent magnetization (ARM), isothermal
remanent magnetization (IRM), and low-field susceptibil-
ity. These should ideally display a strong coherence with
the NRM signal (after removal of any secondary compo-
nents of magnetization) but no coherence with the normal-
ized record (Valet, 2003). The reliability of a relative
paleointensity record can be further supported by the pres-
ence of antipodal directions (suggesting that secondary
components of magnetization have been removed) and
by the coherence of multiple curves from the same region
covering the same time interval (as calibrated using inde-
pendently obtained timescales).

The sedimentation rate and the interval over which the
magnetization is “locked in” sets a limit on the time
resolution of any relative paleointensity record. In deep-
marine sediments, a standard 2.5 cm paleomagnetic
sample can represent a time period of 10 kyr or more,



Paleomagnetic Field Intensity, Table 1 Selection of absolute paleointensity methods currently in use

Family Variants Benefits Criticisms

Thellier (Thellier
and Thellier,
1959)

Coe (1967), Aitken et al.
(1988), Perpendicular
(Kono and Ueno, 1977),
IZZI (Tauxe and
Staudigel, 2004), QP
(Biggin et al. 2007)

Sound theoretical basis for single-domain
grains (Néel, 1955); potential to recover
estimate from a sample which both
contains secondary magnetizations at
low temperatures and which alters at
high temperatures; additional checks for
alteration (Prévot et al., 1981) and
multidomain behavior (Riisager et al.,
2001; Krasa et al., 2003) can easily be
added

Multiple heatings are time consuming and
increase likelihood of sample alteration;
bias due to multidomain effects may be
prevalent in lava samples (Biggin, 2010)

Microwave (Shaw
et al., 1996; Hill
and Shaw, 2000)

All Thellier-type variants
may be used

In principle, all benefits of Thellier but with
reduced sample heating in terms of both
temperature and time; faster experiments
which can be individually tailored to
samples

Requires highly specialist equipment
(microwave paleointensity system);
theoretical basis not yet firmly
established; samples may not unblock as
cleanly as in thermal experiments

Shaw (1974) ARM-alteration
corrections (Kono, 1978;
Rolph and Shaw, 1985);
Double heating
(Tsunakawa and Shaw,
1994); low-temperature
demagnetization
(Yamamoto et al., 2003);
Microwave (Yamamoto
and Shaw, 2008)

Original method is fast; arguably domain-
state independent as uses full TRMs

The use of ARMs to check and correct for
alteration in terms of the TRM properties
is not always valid (Tanaka and Komuro,
2009)

High-temperature
measurement

Wilson (1961)
Le Goff and Gallet (2004)

Very fast methods; Wilson method is
arguably domain-state independent as it
uses full TRMs (Muxworthy, 2010); Le
Goff–Gallet method designed to
incorporate cooling rate and anisotropy
corrections

Requires specialist equipment
(high-temperature magnetometer);
samples must survive heating to Curie
temperature without altering in Wilson
method; unknown effect of multidomain
grains in Le Goff–Gallet method

Multispecimen
(Hoffman et al.,
1989)

Hoffman and Biggin
(2005), Dekkers and
Böhnel (2006)

Fast; inter-specimen consistency is
implicitly considered; domain state
effects can be minimized in Dekkers–
Böhnel experiments; fewer heating
steps implies less alteration

Fewer checks for intra-specimen
consistency; no internal checks for
alteration; domain-state benefits of
Dekkers–Böhnel method may be lost if
secondary magnetizations require
removing (Michalk et al., 2010)

IRM Normalization
(Cisowski and
Fuller, 1986)

No heating required Precision limited to orders of magnitude
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which will produce significant smoothing of secular vari-
ation (see Geomagnetic Field, Secular Variation).

Cosmogenic isotope paleointensity
measurements
This method of paleointensity measurement, applicable to
the last few hundreds of kyr, is based on the fact that produc-
tion rate of certain radioisotopes (14C, 36Cl, and 10Be)
is strongly influenced by the degree of shielding the geo-
magnetic field provides the Earth from incoming cosmic
rays. Records of the concentration of these isotopes in sed-
iment and ice cores (and tree rings and corals in the case of
14C) can therefore provide a proxy for geomagnetic dipole
moment once the necessary corrections for latitude and
relevant physical, chemical, and biological processes have
been made. See review by Valet (2003) for more
information.

Geophysical implications
Paleointensity measurements provide information about
the geodynamo across a variety of timescales. Direct obser-
vations indicate that the strength of themain field has fallen
by around 10% since the first measurements were made in
the 1830s. A key aim of archeointensity studies has been to
establish the longevity of this recent trend. A recent analy-
sis of the global dataset of archeointensity data from 1600
onward showed little evidence of a rapidly decaying field
prior to 1840 (Gubbins et al., 2006). Longer time series
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have been constructed for specific regions and Genevey
et al. (2009) show periods of rapidly changing strength
in France over the past 800 years. Archeointensity
and paleointensity data are particularly important for
constructing global models of field behavior on millennial
timescales (e.g., CALS7K.2; Korte and Constable, 2005).
Each of the observable paleomagnetic field components
(declination, inclination, and intensity) can be mapped,
via their respective Green’s functions, to the radial field
at the core–mantle boundary (Johnson and Constable,
1997). Intensity measurements sample the field at the
core–mantle boundary at different locations (tending to
higher latitudes) than directional data from the same site
(Johnson and Mcfadden, 2007). Recently, updated data-
bases of paleointensity estimates include measurements
from the last 10 kyr (Genevey et al., 2008), 50 kyr
(Korhonen et al., 2008), and the period spanning 50 kyr
to 3.5 Gyr (Biggin et al., 2010).

Relative paleointensity records from varved sediments
are capable of providing good temporal resolution over
the Holocene and agree well with absolute intensity
records as well as records of cosmogenic nuclide produc-
tion (Snowball and Sandgren, 2002). Correspondingly,
absolute archeointensities have been combined with the
14C record from tree rings and the 10Be record from ice
cores to infer variation in solar activity, with implications
for understanding solar forcing of climate (Solanki et al.,
2004). Marine sediments have provided relative
paleointensity records over longer timescales. Here, it is
usually assumed that a typical sample will represent
a sufficiently long period for nondipole features to be
averaged out (Valet, 2003) allowing composite stacks of
relative paleointensity from different areas of the world
to be constructed. A global stack for the past 2 Myr, Sint
2000 (Valet et al., 2005), agrees well with absolute
paleointensity from lava flows and confirms a low field
strength during excursions. Importantly, this record is long
enough to include reversals and finds a correlation
between polarity interval length and field strength., This
same correlation is seen, albeit weakly, in the 11 Myr
Oligocene record from site Deep Sea Drilling Project, site
522 (Constable et al., 1998).

It becomes increasingly difficult to obtain relative
paleointensities from sediments more than a few million
years old. Consequently, longer term variations in field
strength are studied using absolute paleointensity data
derived from igneous rocks. By studying paleointensity
throughout the Phanerozoic, it may be possible to under-
stand the relationship between reversal frequency and
intensity. Theoretical models have been proposed that link
a stable nonreversing field with a high dipole moment
(Glatzmaier et al., 1999; Driscoll and Olson, 2009). On
the other hand, by considering properties of self-exiting
dynamos, Hide (2000) finds a high field strength is likely
to promote reversal. The study of paleointensity during
superchrons is a natural approach to testing these models
(Fuller and Weeks, 1992). A fertile field of study has been
the Cretaceous normal superchron (CNS) but the suite of
results obtained so far has as yet been unable to settle the
issue. Pick and Tauxe (1993) found samples of submarine
basaltic glass (SBG) from the CNS gave paleointensities
less than half the present day value today (although later
SBG data gave higher values; Tauxe and Staudigel,
2004). Prévot et al. (1990) found evidence of a longer
period of low field intensity which they called the Meso-
zoic dipole low, but only one result in their analysis came
from the CNS. Subsequent analyses have argued both for
(Perrin and Shcherbakov, 1997; Biggin and Thomas, 2003)
and against (Selkin and Tauxe, 2000; Goguitchaichvili
et al., 2002) the existence of the Mesozoic Dipole Low.
Studies based on themeasurement of single silicate crystals
have found evidence of high fields during the CNS
(Tarduno et al., 2001; Tarduno and Cottrell, 2005) and
a clear inverse relationship between reversal frequency
and dipole moment. Other more recent studies based on
whole rock samples have not confirmed this (Granot
et al., 2007; Hill et al., 2008) although it has been claimed
that these data are biased (Tarduno and Cottrell, 2005).
There remains no consensus regarding the magnitude of
the field during a superchron. However, the hypothesis
of a positive relationship between reversal frequency and
dipole moment (i.e., weaker field strength in superchrons)
has now arguably been rejected (Biggin and Thomas,
2003). Tauxe (2006) argued that the average paleointensity
is proportional to the length of the specific chron from
which it is derived as opposed to the average length of
chron during the time period in question. This is a subtle
but important difference from the case generally presented.

The dynamo process producing the geomagnetic field
is powered, in large part, by the growth of the inner core.
The nucleation and subsequent growth of the inner core
may then have had a profound effect on the geomagnetic
field strength (Stevenson et al., 1983). Estimates for the
age of the inner core range from 3.5 billion years (Gubbins
et al., 2004) to 1 billion years (Labrosse et al., 2001) or
younger, so paleointensities from Archean to Proterozoic
rocks may carry a signal emanating from the onset of its
crystallization. Studies on rocks of this age have been
hampered by the alteration of the remanence carriers and
once again no clear picture has yet emerged. Studies based
on single silicate crystals from Paleoarchean (3.2–3.5 Ga)
intrusive rocks suggest a dipole moment in the range of
50–70% of today’s value (Tarduno et al., 2007, 2010).
This could be taken as indicating either an early age for
the onset of inner core nucleation or that thermal convec-
tion alone was capable of producing a field with intensity
comparable to today’s. In contrast, the paleointensity
record has been interpreted as indicating a significant
increase in field strength sometime between 1000 and
300Myr, suggesting a later formation of the inner core
(Macouin et al., 2004). Biggin et al. (2009) raised the pos-
sibility that both observations were true and that
a Proterozoic dipole low separates periods of dominantly
high field strength in the Archean and Phanerozoic.

Paleointensity experiments have not been confined to
terrestrial rocks. Lunar rocks from the Apollo missions
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showed what appeared to be a thermoremanence and a
variety of paleointensity techniques seemed to hint at
a lunar dynamo operating between 3.9 and 3.6 Gyr
(Cisowski, 1982). However, recently the reliability of the
lunar paleointensity record has been questioned and the
evidence for a lunar dynamo reconsidered (Lawrence
et al., 2008). Paleointensities from meteorites have been
used to estimate the ancient Martian field (Shaw et al.,
2001; Weiss et al., 2008b) and may even be evidence
of dynamos operating within the metallic cores of
planetisimals in the early solar system (Weiss et al., 2008a).
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Synonyms
Magnetic polarity stratigraphy; Magnetic stratigraphy

Definition
Magnetic stratigraphy. Application of magnetic methods
to obtain the magnetic polarity pattern in stratified rocks,
allowing them to be correlated to the global magnetic
timescale.
Remanent magnetism. Permanent magnetism in rocks,
caused by the orientation of the Earth’s magnetic field at
the time the rock was formed.

Magnetic stratigraphy
Introduction
Since the 1960s, one of the most important tools for dating
and correlating fossiliferous sedimentary rocks has been
magnetic stratigraphy. First developed to aid in the corre-
lation of deep-sea sediment cores from the Deep Sea Dril-
ling Project, by the 1970s it had also been applied to dating
terrestrial sedimentary rocks as well. The early efforts
were hampered by the slowness and insensitivity of old
spinner magnetometers, but with the widespread availabil-
ity and the increased reliability, sensitivity, speed, and
precision of cryogenic magnetometers in the 1970s, the
field has grown tremendously. It has now been applied
to many of the important marine and terrestrial sequences
that were the type sections for biostratigraphic zones and
timescales, and is routinely used whenever there are suit-
able outcrops and age control to allow global correlation.

Magnetic stratigraphy works by obtaining a dense
sampling of oriented samples from stratigraphic sections
of layered sedimentary rocks or volcanic rocks. These sam-
ples record the direction of the magnetic field (normal, as in
today’s field, or reversed, about 180� from today’s field) in
a random pattern of polarity zones. If there is a sufficiently
long pattern of polarity zones, it can be matched up to the
global magnetic polarity timescale by calibrating it with
radiometric ages, or by means of biostratigraphy, or both.
Once sections have been correlated, the magnetic polarity
reversals represent time planes, and their ages can be
resolved to less than 10,000 years, much better dating and
resolution than obtainable by any other means.

Detrital remanent magnetization
Although it is possible to correlate lava flows by magnetic
methods, by far the most common application of magnetic
stratigraphy is to layered sedimentary rocks. These rocks
become magnetized by detrital remanent magnetization
(DRM). When the sediment is loose and fluid, it will
contain a small number of tiny (less than 60 mm in diameter)
grains of magnetic minerals, such as magnetite or hema-
tite. While these sediments settle out and become lique-
fied, the magnetic mineral grains are influenced by the
ambient magnetic field at the time the sediment was
deposited, and thus line up to be parallel to it. Thus, the
magnetic grains act like tiny bar magnets, or like iron
filings near a bar magnet. As the sediment becomes
compacted or cemented and turned into sedimentary rock,
the orientation of these magnetic grains is preserved.
Although there are instances of sediment compaction
causing the grains to rotate and thus flattening the inclina-
tion angle, most sedimentary rocks seem to record field
directions that closely match those produced from the
cooling of igneous rocks, which are not subject to
compaction (Butler, 1992, pp. 183–187).

Field and laboratory techniques
In order to undertake a magnetostratigraphic study,
a large number of oriented samples densely spanning
the total stratigraphic interval of exposed rock are
required. The density of sampling is dictated by how
many exposures are suitable, and the logistics of how
many people and man-hours of field work are available
to conduct the sampling, since it is a tedious and
exhausting task. Typically, each stratigraphic level or
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“site” is sampled at least in three places, and more if
possible, so that Fisher statistics can be calculated.
In deep-sea cores, sampling is conducted on the split core,
with small subsamples taken from the core so that an
excessive amount of material is not removed.

The lithology of rock is also critical. Most remanence is
held in tiny (less than a few tens of microns) single-
domain grains of magnetic mineral, or in slightly larger
pseudo-single domain grains. Above a certain size, it is
possible to have two or more magnetic domains in
a grain, and then they will tend to form antipodally
oriented domains within a single grain and cancel each
other out, giving no net remanence. Thus, a fine-grained
component is essential for a sedimentary rock to retain
useful remanence. For this reason, sampling usually
concentrates on shales, mudstones, and fine-grained
sandstones. Coarser sandstones may work if they have
a fine-grained matrix. A well-sorted, very clean coarse
sandstonewith nomatrix should be avoided for this reason.

If the rocks are very hard and well cemented, it is
possible to sample using a coring drill, as is commonly
practiced in igneous and metamorphic rocks. Most
sedimentary rocks, however, are too friable and crumbly
to stand up to the stress of drilling and the flow of water
through the drill bit (required to cool the bit and flush
out the drilled rock chips). In this case, samples of terres-
trial rocks are taken by scraping oriented surfaces on hand
samples, and then subsampling them into cubes or cores in
the laboratory using a coring drill or band saw, or hammer
and sandpaper for very soft rocks. If the samples are very
friable (such as loose soils or unconsolidated sediments), it
is still possible to obtain oriented samples. Typically, this
is done by pressing open tubes of a high-temperature glass
(such as quartz glass or sometimes Pyrex) into the expo-
sure, measuring the orientation, then removing it and
pouring a high-temperature-tolerant hardener (such as
sodium silicate) into the sediment. The tube is then taped
shut, and in the lab it can be sealed at the open end by
a high-temperature ceramic, such as Zircar aluminum
cement. The sealed glass tube is then measured as if it
were a normal drill core. In addition, samples may crum-
ble during preparation until they are too small for a core
or cube. They can be salvaged by placing them oriented
face down on a piece of wax paper, surrounding them with
a plastic ring the diameter of a core (such as a cut piece of
plastic test tube), and pouring in Zircar aluminum ceramic
to make them into a molded ring that will survive the high
temperatures of the thermal demagnetization.

Once samples are fully prepared, they can be measured
in a magnetometer to determine the direction and intensity
of their magnetic remanence. Before the late 1970s, all the
studies were done with older-generation spinner magne-
tometers, which required over 30 min to measure
a single sample, and were not sensitive enough to measure
most sedimentary rocks. For this reason, only a few
measurements could be made on each sample, and only
a limited number of samples could be taken if the project
were to remain reasonable in size.
In the 1970s, the invention and widespread adoption
of cryogenic magnetometers revolutionized the study of
paleomagnetism. These devices have a sealed jacket of
liquid helium at 4 K surrounding a superconducting region
in the bottom of the magnetometer. The electronics in the
cryogenic chamber are thus sensitive to extremely small
magnetic moments, and can make measurements in
a few seconds. They are four to five orders of magnitude
more sensitive than spinner magnetometers, so samples
can be measured that are extremely weakly magnetized.
These include not only every kind of rock but even organic
tissues like the magnetite in bacteria or birds or bees or
butterflies. Early cryogenic magnetometers were very
temperamental and prone to problems. They bled off the
evaporating helium at such a fast rate that a single ship-
ment costing hundreds of dollars would only last a few
weeks. Only a few measurements could be taken on each
sample, and the lab had to work 24/7 to use every precious
second of magnetometer time. Now most cryogenic
magnetometers have a cryocooler pump that circulates
liquid helium or nitrogen around the cryogenic container,
and keeps it cold for many months at a time, greatly
reducing the cost of operation, wear and tear on the
magnetometer, and improving reliability. In many labs
(especially those equipped with a Caltech-style automatic
sample changer), it is possible to make dozens of measure-
ments in an hour, allowing paleomagnetists to make
dozens of different measurements on each sample.

Each sample contains a mixture of remanences
acquired during the long history of the rock unit. There
will be a primary, or characteristic, component from when
the rock originally formed, which may be overprinted by
one or more magnetizations that were acquired at later
times. For a reliable paleomagnetic study, the researcher
must attempt to remove these overprinted components
by gradually demagnetizing the sample, and gradually
stripping off the younger, less stable magnetizations until
only the characteristic remanence is left. Consequently, it
is typical for a modern paleomagnetic study to measure
the samples first at NRM (natural remanent magnetiza-
tion, or the magnetization of the sample before treatment).
The samples can then be demagnetized using alternating
fields (AF), which helps remove remanence due to low-
coercivity minerals such as magnetite, and eliminates
magnetization from transient fields (such as lightning
strikes) or from VRM (viscous remanent magnetization).
Examination of the magnetic behavior and the drop in
intensity at each AF step allows the paleomagnetist to
determine how much of the remanence is held in a low-
coercivity mineral, or whether significant high-coercivity
minerals (which do not respond to AF demagnetization)
are present. AF treatment is usually sufficient for samples
from deep-sea cores, which have not undergone any
significant diagenesis or alteration. Another method,
known as thermal demagnetization, heats the samples in
field-free space to a preset temperature, then cools them
down to room temperature without acquiring any new
magnetization from the earth’s field. In some cases, the
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oven is saturated by a jet of nitrogen gas to reduce the
possibility of minerals oxidizing as they cool down.
Thermal demagnetization in many steps of increasing
temperature allows the paleomagnetist to see how the
remanence changes as higher and higher temperatures are
reached and the blocking temperature of the magnetic
minerals (578�C for pure magnetite; 630� for hematite) is
approached. At high temperatures, the behavior of the
sample above the blocking temperature of magnetite tells
the researcher about the intensity and direction of the
magnetic components that are held in hematite. Thermal
demagnetization has an additional advantage. Above
200�C, iron oxides and hydroxides such as goethite are
converted to hematite, and their remanence is removed.
These “rusty” minerals are often formed by weathering of
sedimentary rocks at the surface, and usual form as
a chemical remanence deposited in the rock long after the
primary or characteristic remanence was formed. Thus,
they are a form of overprinting that must be removed, but
cannot be affected by AF demagnetization. For this reason,
nearly all terrestrial sedimentary rocks (even if they are
not visibly reddish) should be thermally demagnetized
to insure that there are no false overprinted magnetic
components. Many studies use both AF and thermal
demagnetization on every sample to strip off overprints
due to iron oxides, to determine the relative contribution
of high-coercivity and low-coercivity minerals, and to
obtain a clear sense of the dominant magnetic mineralogy
of each sample. The samples can also be studied in
polished thin sections, where the light reflects differently
off magnetite, goethite, and hematite, and the deposi-
tional fabric of the magnetic mineral and size of the
grains can be determined.

These magnetic directions can be plotted and analyzed
in a number of different ways. For simple visual plotting
of the three-dimensional changes in directions, a conven-
tional stereonet can be used. But a stereonet only shows
direction, where as an orthogonal demagnetization plot
(“Zijderveld plot”) shows both the direction and intensity
of each demagnetization step (Zijderveld, 1967). Most
paleomagnetics labs have software that rapidly creates
these plots, so the behavior of the sample can be studied
as the demagnetization proceeds. Once a stable remanence
has been obtained and overprints isolated and removed,
the inferred characteristic remanence components are
usually summarized by the least squares method of
Kirschvink (1980). These directions for each sample can
then be averaged using Fisher (1953) statistics, which give
the mean and ellipse of 95% confidence for each sample.
Using Watson’s (1956) criteria, the statistical significance
of each site can be assessed. Frequently they are ranked
using the criteria of Opdyke et al. (1977), where Class
I sites are statistically significant at the 95% confidence
level, that is, there is a 95% chance that the sample distri-
bution differs from a random distribution. These sites were
labeled “Class A” by Johnson et al. (1985). Class II sites
have fewer than three samples (so statistics cannot be cal-
culated), and Class III sites (“Class B” sites of Johnson
et al., 1985) have at least two sample directions that are in
agreement, but one which is divergent due to incomplete
removal of overprints. These directions can then be plotted
against a stratigraphic column to show the overall polarity
pattern for the section, and also indicate the degree of reli-
ability of individual samples at each site.

As in any other paleomagnetic study, there are a
number of techniques for assessing the stability and reli-
ability of the sample directions (see Butler, 1992, pp.
123–128). The most commonly used in magnetostra-
tigraphy is the reversal test, which compares the statistical
mean of all normal directions and reversed directions to
see if they are antipodal (as they should be if they repre-
sent the original magnetic field of the earth). Most long
stratigraphic sections yield both normal and reversed
polarity samples, providing the data for a stability test like
this. In some cases, there are conglomerates in the section,
so a conglomerate test can be performed. In this test,
samples are taken from a large sample of clasts in
a conglomerate. If their directions are randomly scattered,
then they have not been remagnetized since the conglom-
erate formed. If, on the other hand, they yield directions
that are clustered, then there has been overprinting not
only of that conglomerate, but also of the rocks in the rest
of the section. Another common test in rocks that have
been deformed is the fold test. The researcher can compare
the directions of the samples with and without dip correc-
tion. If these directions are clustered with dip correction,
and more scattered without dip correction, then the direc-
tions were acquired before folding. If the directions are
more clustered in their uncorrected, folded orientation,
then the directions were acquired after folding (and thus
are not primary or characteristic directions). Not all these
stability tests are available in every study, but at least
one (usually the reversal test) should be attempted to
obtain credible results. If other tests are also available,
they should also be analyzed to increase the rigor of the
study.
Calibration and correlation
Once characteristic directions that have passed stability
tests have been obtained from each site and they are plot-
ted, then the overall polarity pattern for each individual
section can be assessed. Polarity zones are not diagnostic
or unambiguous by themselves, but must be correlated
based on other criteria, such as lithostratigraphy or
biostratigraphy. In the early days of magnetic stratigraphy,
deep-sea cores (Figure 1) could be sampled down from the
modern sediments at the top of the core, and each polarity
zone could be calibrated by the Brunhes normal polarity
magnetozone at the top. Most deep-sea cores, however,
do not have a continuous sedimentary record from the
present backward, but represent an older geologic span
of time separated by unconformities. In such cases, the
biostratigraphy of the planktonic microfossils enables
the scientist to calibrate a core directly against the
magnetic polarity timescale.
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In another example, Figure 2 shows the correlation of
magnetozones of many different stratigraphic sections
across the Eocene-Oligocene White River Group from
northeastern Colorado to Nebraska and Wyoming to the
Big Badlands of South Dakota to North Dakota. The cor-
relations are based on the lithostratigraphic units and the
biostratigraphic zonation, with the common datum based
on a widespread ash horizon found throughout most of
the sections. Note that the polarity magnetozones are
roughly consistent in thickness from one section to
another, although each of the magnetozones is proportion-
ally thicker where the total sediment accumulation rate is
higher (e.g., Slim Buttes, South Dakota).
But these polarity matches do not establish correlation
with the global magnetic polarity timescale. Magnetic
polarity can only be “normal” or “reversed,” and that
pattern has occurred thousands of times in the geologic
past, so it is not sufficient just to get a raw polarity pattern
and attempt to correlate it to the global timescale (unless
you are working down from modern sediments at the
top of a section, in which case the uppermost normal
magnetozone is the Brunhes Chron, or Chron 1n). For reli-
able correlation, the section needs to be calibrated by some
sort of independent means of time control. Ideally, this is
provided by at least one and preferably more radiometric
dates, which will place the local section on the global



C15n

C13r

C13n

LN
LN LN

LN

LN LN LN
LN

50

0

100

200

300

400

Feet

100

M

RFARFARFA

RFA

C12r

C11r

C12n

31

32

33

34

35

36

30

Ma

P
ol

ar
ity

N
al

m
a

W
hi

tn
ey

an
O

re
lla

n
C

ha
dr

on
ia

n

Li
ttl

e 
ba

dl
an

ds
, N

D

F
itt

er
er

 r
an

ch
, N

D

S
lim

 b
ut

te
s,

 S
D

C
ot

to
n 

w
oo

d 
pa

ss
, S

D

S
he

ep
 m

tn
. t

ab
le

, S
D

Ty
pe

 s
ce

ni
c,

 S
D

S
ag

e 
cr

ee
k,

 S
D

P
in

na
cl

es
, S

D

C
ed

ar
 p

as
s,

 S
D

W
ol

f t
ab

le
, S

D

R
ed

 s
hi

rt
 ta

bl
e,

 S
D

C
hr

on

C15r

C16n

Paleomagnetism, Magnetostratigraphy, Figure 2 Correlation of magnetostratigraphic sections in the White River Group from
North and South Dakota. All of the sections are correlated based on the datum of the base of the Orellan. Abbreviations as follows:
NALMA=North American land mammal ages; LN = Lower Nodular Zone of the Big Badlands; RFA =Rockyford Ash. From Prothero
(1996, Figure 9).

PALEOMAGNETISM, MAGNETOSTRATIGRAPHY 929
magnetic polarity timescale (Figure 3). Where radiometric
dates are not available, it is often possible to use a finely
resolved well-calibrated biostratigraphy (whose precise
correlation to the global timescale is already known) to
correlate another section containing those key fossils.

Strengths and weaknesses of magnetic
stratigraphy
Like any other stratigraphic technique (see Prothero and
Schwab, 2003), magnetic stratigraphy has great strengths –
and also some weaknesses. The strengths include:

1. Worldwide: magnetic polarity events happen around
the globe simultaneously. By contrast, most other strat-
igraphic markers (volcanic ashes, biostratigraphic
events, lithologic boundaries, even isotopic events)
occur only locally.
2. Independent of facies or lithology: any fine-grained
sedimentary rock or volcanic rock will work, allowing
us to correlate between deep-sea muds to shallow-
marine silts to terrestrial floodplain mudstones. By
contrast, rock units are typically time-transgressive as
facies migrate, and are not found on both land and
sea. Stable isotope curves are usually restricted to
marine rocks.

3. Geological instantaneous: polarity reversals take place
over 4,000–5,000 years, which is a geological instant
for most studies of the deep past. By contrast, most
lithostratigraphic units are time-transgressive over
millions of years.

4. Constant resolution regardless of age: the duration of
magnetic polarity transitions is constant whether the
rocks are Pleistocene or Permian, so the resolution
is always in the order of a few thousand years.
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By contrast, radiometric dates have an error bar that is
a proportion of the mean age and therefore gets larger
as the rock gets older. For example, if the error esti-
mates are�5% for a rock of 1 Ma, then the true age
is 1 million� 50,000 years. If the age is 100 Ma, how-
ever, then the true age is 100 million� 5 million years.
In other words, there is a 95% probability that the true
age lies between 95 and105 Ma. These error bars get
larger with older and older rocks.

There are some limitations to magnetic stratigraphy as
well:

1. Only finer-grained lithologies, or sandstones with clay
matrix, are suitable (as discussed above).

2. If there are unconformities in the section, then
magnetozones can be shortened or deleted altogether.
This problem can best be addressed by biostratigraphic
methods, the usual way in which we test for evidence
of slow or no deposition.

3. Demagnetization problems can hamper the quality of
the data, particularly in yielding spurious normal
overprinted zones that have not yet been removed by
thermal demagnetization of iron oxides and hydroxides
(e.g., Butler and Lindsay, 1985).

4. Independent form of age control is required to calibrate
the section.
Some applications and implications
Since the late 1960s, magnetic stratigraphy has become
one of the most powerful tools available for precise dating
of sedimentary sequences and geologic events, and for
correlation of events between the terrestrial, shallow-
marine, and deep-sea records. In most detailed
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stratigraphic studies, it is routine to do magnetostra-
tigraphic analysis along with biostratigraphy to form
a network of correlation now called magnetobiostra-
tigraphy (Figure 4). Combined with stable isotope stratig-
raphy (especially in deep marine cores), it is possible to
obtain very high-resolution, high-precision dating of
many stratigraphic sections and correlate their events with
high precision on a global basis. This, in turn, has allowed
reliable and detailed comparison between climatic and
biotic events on the land and the sea, and has revolution-
ized our understanding of climatic change and global cor-
relations of climate and evolution.

The application of magnetic stratigraphy has also
changed our conceptions of many geologic problems.
For example, the dating of strata before the advent of
magnetic stratigraphy has been radically rethought as
these correlations improve. In North America, for
example, the Uintan and Duchesnean land mammal ages
ofWood et al. (1941) were once thought to be late Eocene,
the Chadronian landmammal age early Oligocene, and the
Orellan andWhitneyan landmammal ages middle and late
Oligocene, respectively. However, with the advent of
magnetobiostratigraphy and high-resolution argon/argon
dating, all these correlations have changed radically
(Prothero and Swisher, 1992). The Uintan and
Duchesnean are now middle Eocene, the Chadronian late
Eocene, and the Orellan and Whitneyan early Oligocene.
The Arikareean, once thought to be early Miocene, is
now largely late Oligocene. Every one of the original
mid-Cenozoic stratigraphic interpretations of the Wood
Committee (1941) was miscorrelated to the standard
European timescale by at least one stage of the Eocene
or Oligocene (and the same was true of their North
American Miocene-Pliocene stages). Prior to magnetic
stratigraphy and radiometric dating, the Deseadan land
mammal age of South America was thought to be early
Oligocene (27–37 Ma). Today it is considered late Oligo-
cene to early Miocene (22–27 Ma) in age (MacFadden
et al., 1985), or about 10 million years younger than
originally thought.

Magnetic stratigraphy has also been used as a device for
testing other geologic ideas. Because it produces geologi-
cally instantaneous time planes, it is valuable in testing
whether biostratigraphic datums are synchronous or not.
By and large, this has proven true, confirming the impor-
tance of biostratigraphy as a time indicator. Prothero
(1982) showed this in the Eocene-Oligocene strata and fos-
sils of theWhite River Group of the American High Plains.
Lindsay et al. (1984) did the same for the biostratigraphy of
the late Cenozoic of southwestern North America and
Europe, as did Flynn et al. (1984) for the Eocene of the
Rocky Mountains. A few biostratigraphic events, like
Lepus event in North America (Lindsay et al., 1990), or
the Hipparion horse datum in Europe, are demonstrably
time-transgressive (Woodburne et al., 1981; Woodburne,
1989), but these are the exceptions to the rule.

In some cases, magnetic stratigraphy produces power-
ful inferences about the rock record. For example,
Johnson et al. (1975) showed that magnetozones could
be mapped along the Miocene-Pliocene exposures in
the San Pedro Valley of Arizona. These “invisible mag-
netic time planes” (Figure 5) exist in the outcrops and
can be mapped and interpreted using standard magnetos-
tratigraphic methods. Magnetic stratigraphy allows pre-
cise determination of sedimentation rates in marine and
terrestrial sections, and relative completeness of sections,
which are important to many different kinds of strati-
graphic studies (Sadler, 1981; May et al., 1985; Johnson
et al., 1988).

Summary
Magnetic stratigraphy is now one of the principal tools
that allow the precise, high-resolution correlation of
geologic events in the stratigraphic record, especially
climatic events. It is unique among stratigraphic methods
in that global high-resolution correlations are possible
between terrestrial and marine records, and does not suffer
from issues of local facies changes or limited lateral extent
of most other stratigraphic markers. Of course, the
researcher must be aware of the limitations: relatively
complete well-exposed sections of fine-grained rocks are
required, as is an independent form of time control to
allow calibration. Every sample must be carefully ana-
lyzed by multiple techniques to insure that the primary
or characteristic remanence has been recovered and
overprinting removed. Nonetheless, magnetic stratigraphy
has improved our correlations of global events by several
orders of magnitude, and corrected many erroneous
correlations that were once widely accepted. It has
allowed for many other interesting studies, such as
analysis of rates of sedimentation, and tests of the
isochroneity of biostratigraphic events. In short, the hori-
zon is limitless for the application of paleomagnetism to
stratified rocks.
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Synonyms
Ancient magnetism; Fossil magnetism
Definition
Paleomagnetism is the study of the Earth’s magnetic field
in past times. A permanent record of the ancient magnetic
field is recorded by certain ferromagnetic minerals formed
in rocks either as they form, and/or when they are
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subjected to later geological events. The past direction,
and sometimes the intensity, of the geomagnetic field
can be determined from this fossil magnetism. This infor-
mation is essential for quantifying the motions of the tec-
tonic plates that comprise the outer shell of the Earth
(Plate Tectonics) and for evaluating the history of the
geodynamo seated within the Earth’s core. Although this
contribution is concerned primarily with the record of fos-
sil magnetism in the rock, the acquisition of magnetism is
an ongoing process within materials forming during the
present day; thus it is found, for example, in soft sediment,
soils, and in organic material such as magnetotactic
bacteria.
Introduction
The permanent magnetism residing in a natural material,
lodestone, has been known for many centuries for its abil-
ity to align, and it has long been used for this purpose by
navigators. It was generally believed that the pole star
(Polaris) or a large magnetic island at the North Pole
attracted lodestone compasses. However, William Gilbert
(1544–1603) in his book De Magnete, Magneticisque
Corporibus, et de Magno Magnete Tellure published in
1600, concluded that the Earth was a giant magnet. He
argued that the centre of the Earth was iron. He
documented an important and related property of magnets
by showing that they could be cut so that each newmagnet
possessed north and south poles. In the nineteenth century,
it was found that rocks were capable of becoming perma-
nently magnetized in the direction of the ambient geomag-
netic field, and Bernard Brunhes (1867–1910) found that
young volcanic lavas in central France were magnetized
in a direction opposite to the prevailing field. This is the
phenomenon of geomagnetic reversal and in 1929 the
Japanese scientist Motonori Matuyama (1884–1958)
was the first person to show that reversals of the field
had occurred at specific times during the geological past.

The geometry of the magnetic field direction at the sur-
face of the Earth is described in terms of declination and
inclination. Declination refers to the angle in the horizon-
tal plane between true north and the geomagnetic direction
along which the lines of magnetic field are directed. Since
the magnetic field is also directed toward, or away from,
the center of the earth it is usually inclined to the horizon-
tal. The angle above or below the horizontal is termed the
inclination; it is latitude-dependant and varies from verti-
cally up or down at the magnetic poles to zero at the equa-
tor. For paleomagnetic study to yield a useful geometrical
parameter for resolving ancient continental movements, it
is important to demonstrate that the magnetic poles are
constrained to the geographic poles of rotation. Records
kept in London show that the declination of the magnetic
field direction changed from 11�E in 1580 to 24�W in
1820, while the calculated position of the magnetic pole
executed a path around, and close to, the pole of rotation.
This is secular variation. When averaged over intervals of
1,000 years or more, the mean magnetic pole has been
found to lie very close to the pole of rotation and this led
P.-L. Mercanton (1876–1963) to suggest that fossil mag-
netism could be used to monitor the movements of the
continents. An outcome of research conducted during
World War II was the development by Patrick Blackett
(1897–1974) of a sensitive magnetometer able to accu-
rately measure the direction of magnetism in rock sam-
ples. It was first employed in the mid-1950s by Blackett
and Keith Runcorn (1922–1995) to show that continents
had moved over the surface of the Earth. This evidence
placed the theory of continental drift, which had
languished since being proposed by Alfred Wegener
(1880–1930) in 1915, on a firm observational basis.When
it was realized that the ocean crust could also preserve
paleomagnetism, continental drift was rapidly integrated
in the 1960s with the hypothesis of sea floor spreading
to develop the theory of Plate Tectonics, a paradigm that
has prevailed, with much refinement, to the present day.
During this time, paleomagnetism has proved to be one
of the most important techniques in the Earth Sciences
with applications to many other fields including environ-
mental sciences and archeology.

In addition to its long-term value for tracing the move-
ments of continents and evaluating paleogeography,
paleomagnetism has been used to unravel the history of
reversals of the geomagnetic field polarity and derive the
geomagnetic polarity time scale (GPTS), the chronology
of periods of normal and reversed polarity. This in turn
is the basis of magnetostratigraphy, the use of magnetic
reversals to date rocks and correlate them from place to
place. The evaluation of the intensity and the direction of
the geomagnetic field from rocks such as lava flows that
are rapidly formed and magnetized can be used to resolve
secular variation. This latter phenomenon embraces the
continuous and ongoing changes in the strength and direc-
tion of the geomagnetic field and is thus a signature of
behavior of the geodynamo. In addition the direction and
the fabric of fossil magnetism in rocks have applications
to sedimentology, resolution of paleostress, fluid-
migration through rocks, and to mineral exploration.

Rocks, like all natural materials, possess a weak dia-
magnetism in applied magnetic fields as the electron spins
align with, and oppose, the field. Minerals containing tran-
sition elements such as iron and manganese also possess
a stronger paramagnetism as unbalanced electron orbits
align with and reinforce the field. However, these effects
are transient and only survive as long as the applied field
is present. Although important to the interpretation of the
magnetic field over the ground, they are not relevant to
paleomagnetism. Instead this relies on a memory of the
magnetic field aligned with the ambient magnetic field
lines at the time of rock formation, or at some later
time period that can be determined from the geological
history of the rock. In igneous and metamorphic rocks
this magnetic memory resides in grains with ferromag-
netic properties, which are usually iron-titanium oxides
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(titanomagnetites) comprising a few percent of the total
rock volume. Although the intensity of the Earth’s mag-
netic field is quite weak (�0.5 T), as these rocks cool
through the Curie point they are capable of acquiring
a strong and stable magnetism from this field. The ferro-
magnetic minerals only have a transient weak diamagne-
tism and paramagnetism in the ambient field at high
temperatures, but they acquire a permanent magnetization
(ferromagnetism) as they cool through a critical tempera-
ture called the Curie point (generally <680�C). This is
much lower than the temperatures at which many igneous
rocks start to crystallize (�1,200�C) and is lower than the
higher grades of metamorphism. If an igneous rock such
as a dyke or lava flow cools rapidly at, or near to, the
surface it will cool rapidly to this temperature over period
of only days or weeks. It will then record a field direction
that is instantaneous in geological terms and part of the
secular variation rather than a long-term average of the
field representative of the Earth’s rotation axis. In contrast
igneous rocks that cool slowly deep within the Earth’s
crust will integrate a record of the magnetic field over
long periods of time; they may even record reversals of
the geomagnetic field.

Since rocks contain magnetic grains with a wide diver-
sity of size and magnetic domain properties, their magneti-
zations are acquired over a broad range of temperature
below the Curie point. This trapping of remanence over
a range from the Curie point down to ambient temperatures
defines a blocking temperature spectrum (Figure 1). In
igneous rocks the total spectrum is a Thermal Remanent
Magnetization (TRM). This can be considered to be the
sum of Partial Thermal Remanences (PTRMs), which obey
the Law of Additivity: the remanence fraction acquired
over any particular interval is discrete and independent of
the fraction acquired over any other interval (Figure 1).
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Remanent Magnetization (TRM) showing the progressive fraction re
is referred to as a Partial Thermal Remanence (PTRM) and these seg
(500–450�) + PTRM (450–400�) +.
Many sedimentary rocks include grains of ferromag-
netic minerals derived from the erosion of older rocks.
When these grains are deposited they can be geomagneti-
cally aligned if the influence of the Earth’s magnetic field
is stronger than gravitational and hydraulic forces. This is
a Depositional Remanent Magnetism (DRM). Usually
sediments undergo a protracted history of compaction
and cementing (lithification) and sometimes chemical
alteration (diagenesis), and may well also be disturbed
by the burrowing of organisms (bioturbation). As these
processes operate, the ferromagnetic grains usually have
the opportunity to become more precisely aligned along
the ambient geomagnetic field to give the rock a Post-
Depositional Remanent Magnetism (PDRM). Chemical
changes resulting in the precipitation of new ferromag-
netic minerals produce a Chemical Remanent Magnetism
(CRM). In sedimentary rocks such as limestone ferromag-
netic grains may be formed directly by diagenetic pro-
cesses or may incorporate magnetite grains precipitated
by magnetotactic bacteria. Although these secondary pro-
cesses are often still poorly understood, they operate over
long time periods and therefore always tend to integrate
the geomagnetic field to provide information that is of
paleomagnetic rather than of short-term geomagnetic
significance.

Paleomagnetism is a time relaxation phenomenon since
all natural magnetizations decay with time and relax into
the field prevailing at the present day. Nevertheless this
relaxation time is very long, and longer than the age of
the Earth for many small ferromagnetic grains. It is the
very great length of time required for some natural magne-
tizations to decay, which means that a record of permanent
magnetism is still preserved, even from the oldest rocks on
Earth. Nevertheless, it also means that if a rock is meta-
morphosed at an elevated temperature below the Curie
200 300 400 500 600
(°C)

Curie point

, Figure 1 A blocking temperature spectrum of Thermal
duction of an initial magnetizationMo. Each segment of the TRM
ments obey a Law of Additivity: TRM = PTRM (550–500�) + PTRM
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point and this temperature is sustained for many millions
of years, it is capable of being totally demagnetized. It will
then acquire a new magnetism recording the time of
metamorphism.

In the late 1950s it was also recognized that the rocks
commonly acquire secondary magnetizations by a range
of processes that include not only later temperature eleva-
tion, but also chemical change. The total magnetism in
a rock, referred to as the Natural Remanent Magnetization
(NRM), is then the vector resultant of the primary magne-
tization acquired when the rock was formed and the sec-
ondary magnetization (which may include several
components) acquired during subsequent geological
times, or even during coring and sampling. The chief goal
of paleomagnetic investigations is to isolate the various
components of remanence, and ascribe an origin, age,
and reliability to them. The resolved directions from each
component may then be used to compute geomagnetic
(short-term) or paleomagnetic (long-term) pole positions.
This calculation usually assumes that the source of the
field can be approximated by an axial geocentric dipole
(GAD) constrained to the Earth’s rotation axis. The fol-
lowing sections describe the laboratory procedures and
techniques of analysis employed in paleomagnetism to
achieve these goals.
Techniques of sampling, measurement,
and analysis
Field sampling
Paleomagnetic sampling procedures follow a hierarchical
approach to average out the secular variation and compen-
sate for other inaccuracies. The sampling strategy will be
adapted to the time scale of the scientific objective. Typi-
cally oriented samples are collected from a number of dif-
ferent localities termed sites, each of which can be
considered to represent a single time-instant record of
the geomagnetic field. A number of such sites will be sam-
pled within a single rock formation. The rock formation
may comprise, for example, a suite of lava flows recording
a volcanic episode, an igneous intrusion, or a succession
of sedimentary beds. The sites clearly need to be in situ,
cover a significant regional area, and comprise
a representative distribution through the time interval
represented by the rock formation. This will ensure that
although units such as lavas may record an instantaneous
record of the field, the time interval covered by the collec-
tive survey is adequate (�105–106 years) to average the
effects of secular variation and any longer term excursions
of the geomagnetic field. It can then derive a long time-
average assessment of the paleomagnetic field direction.
Each site will constitute a number of separately oriented
samples (N ) to compensate for orientation and instrumen-
tal errors, and for possible failures to completely separate
magnetic components during laboratory treatment. Sam-
ple orientation procedures typically have an uncertainty
of�3� and precision is gained in proportion to N1/2 where
N is the number of samples; hence to improve the
precision from 3� to 1�, nine or ten individually oriented
samples are required. In the case of magnetostratigraphy,
where determination of the polarity of a rock level is the
major objective, three samples are usually regarded as suf-
ficient to determine the polarity unambiguously.

The samples are taken as oriented cores drilled in situ
using portable drilling equipment (Figure 2), or are
extracted in the laboratory from oriented block samples;
the former method is preferred both because initial accu-
racy is higher, and because accuracy is lost when block
samples are reoriented for laboratory drilling. There are
several orientation schemes currently in use but each one
employs an orientation device designed to provide an in
situ geographic orientation using magnetic and Sun com-
passes (Figure 2). Since the magnetism of the rock outcrop
can influence the reading of a magnetic compass, Sun-
compass observations are preferred and use the direction
of the shadow, together with a record of the time and sam-
pling location; the azimuth is determined with the aid of
the Astronomical Almanac or a simple algorithm. A new
orientation device developed by C. Constable and F. Vernon
at the Scripps Institution of Oceanography (Lawrence
et al., 2009) uses the Global Positioning System (GPS)
and laser technology to produce similar accuracies to the
Sun compass, although its application requires at least an
additional half hour. Nonetheless, achieving sun-compass
accuracy is a major breakthrough for paleomagnetic field
procedures in regions where siting of the Sun may not be
possible. The paleomagnetic specimens recovered for lab-
oratory analysis are typically cylinders �1 in. long and 1
in. in diameter (Figure 2).

A paleomagnetic field sample should be integrated with
geological evidence so that it incorporates widely sepa-
rated localities linked to defined rock formations for
which the tectonic setting is properly understood; this will
enable any effects of tectonic deformation on the recov-
ered directions of magnetization to be accounted for. The
survey will also need to accommodate any effects of
regional or local heating by metamorphism or igneous
activity, and also the possible influence of any chemical
alteration, for example, by hydrothermal activity. It is also
best to avoid elevated exposed locations because these are
liable to have been struck by lightning. Lightning is a line
current and the associated magnetic fields can induce
a strong Isothermal Remanent Magnetization (IRM),
which is capable of largely or completely replacing an
ancient remanent magnetism in the rock.

A number of paleomagnetic field tests exist, which can
be applied to help constrain the age of the magnetization
in a rock formation. The fold test compares the directions
of magnetization derived from two limbs of a fold before
and after adjusting for the tilting of the beds (Figure 3); an
improved grouping after adjustment indicates that the
magnetization was acquired before the folding episode
occurred. Sometimes the optimum grouping of directions
from the limbs is attained at an intermediate stage of
untilting, which would indicate that the magnetization
was acquired during the tectonic event responsible for



Paleomagnetism, Measurement Techniques and
Instrumentation, Figure 3 Schematic cross section of ground
showing a fold and conglomerate layer with magnetic
components (black arrows) illustrating the concepts behind the
fold and conglomerate tests used in paleomagnetism.

a b

c d

Paleomagnetism, Measurement Techniques and Instrumentation, Figure 2 Collecting and orienting rock samples for
paleomagnetic study. The cores are drilled (a) with a portable motorized coring machine. (b) An orienting tool is inserted around the
core to determine the inclination and the azimuth by Sun and magnetic compasses. (c) The core is extracted and coded. (d) A line on
the core is used to fix the extracted core with respect to the orientation readings using a directed line on the top or the bottom.
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the folding. The conglomerate test compares the direc-
tions of magnetization in a number of pebbles in
a boulder bed, preferably when these pebbles can be
linked to a source in an underlying bed (Figure 3). If the
directions are random it demonstrates that pebble bed
has not been remagnetized since formation and that the
magnetization in the bed that they were derived from is
likely to be primary. If the directions of magnetization
in the pebbles are uniformly directed, it is apparent that
a later remagnetization event has influenced the forma-
tions including the pebble bed. The reversal test com-
pares directions of opposite polarity to evaluate whether
they are statistically antiparallel and therefore likely to
be the record of a reversing dipolar field. Each of these
tests can be placed on a sound statistical basis using
methods described in textbooks on paleomagnetism
(e.g., Tauxe, 1998).
Measurement and treatment
The Natural Remanent Magnetization (NRM) of a rock
sample is the vector sum of the remanent magnetic
moments of all the magnetized particles contained within
it. These particles are likely to have a wide range of sizes
and magnetic domain structures, so the record of primary
to secondary magnetization (or even no preserved rema-
nent magnetism at all) will vary greatly. Magnetometers
measure the magnetization of rock samples in three mutu-
ally perpendicular directions (X, Y, and Z ) and the values
are compounded to yield the magnitude and direction of
the resultant vector. Using the field orientation parameters
for the sample (usually as noted above, in the form of
a short cylindrical core) the data from the specimen coor-
dinate system can be transformed into geographic coordi-
nates and displayed graphically on a stereonet. The
geographic vector can be considered in terms of declina-
tion (D), inclination (I ), and magnitude (M ); M does not
change during the transformation of coordinate systems.

The observed NRM of rocks may consist of any combi-
nation of primary and secondary components and it is
essential to separate these to unravel the magnetic history
of the rock. This separation is achieved by partial demag-
netization procedures referred to as “cleaning,”which rely
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on the observation that magnetic components of different
ages and modes of acquisition usually have contrasting
thermal and magnetic blocking temperature spectra. Alter-
nating field and thermal demagnetization techniques are
now a routine part of paleomagnetic investigations and
depend on the relationship of relaxation time to coercivity
and temperature to subtract (demagnetize) the lower coer-
civity or blocking temperature components. Alternating
field (AF) demagnetization selectively removes compo-
nents with short relaxation times that typically have low
coercivities. The basis of the thermal demagnetization
technique is that these grains also have low unblocking
temperatures: the lower the relaxation time, t, the more
likely the grain will carry a later secondary magnetization.
All ferromagnetic grains are subject to a number of com-
peting internal forces (see, e.g., Butler, 1992 and Tauxe,
1998) and larger grains tend to subdivide into zones of
homogeneous magnetization in order to minimize the total
magnetic energy. These domains are separated by narrow
domain walls typically up to 100 atoms thick where the
magnetic dipoles are canted around from one orientation
to the other. In magnetite (Fe3O4)-bearing rocks, the sec-
ondary NRM tends to be carried mostly by multidomain
(MD) grains with lower relaxation times while the primary
characteristic remanence (ChRM) tends to be retained by
single domain (SD) or pseudo-single domain (PSD)
grains; the latter have sizes larger than SD but have shape
or defect properties that enable them to retain remanence
like SD grains. MD grains have coercivities predomi-
nantly <20 mT, whereas SD and PSD grains have higher
coercivities. AF demagnetization can thus selectively
remove secondary NRM and leave the primary magnetiza-
tion unaffected. Rocks containing the less common ferro-
magnetic minerals pyrrhotite (Fe1-xS) and maghemite
have properties that are fairly comparable to magnetite
but hematite (aFe2O3), which tends to be the commonest
ferromagnetic constituent in sedimentary rocks, has much
higher coercivity and cannot be effectively subtracted by
AF demagnetization. Since hematite has a higher Curie
point (�670�C) than the other common ferromagnetic
minerals, it requires demagnetization to higher tempera-
tures. Since hematite can also be an oxidation product of
magnetite in igneous and metamorphic, and sometimes
in sedimentary rocks, its magnetic remanence may only
be subtracted by thermal demagnetization after the magne-
tite remanence has been removed. In this specific case, the
primary magnetization in magnetite may be unblocked
below a secondary magnetization residing in hematite.

AF demagnetization is unable to completely subtract
the magnetism in any rock – the applied alternating
fields required to do this are simply unattainable in the lab-
oratory and would in any case, present their own prob-
lems. Thermal demagnetization, however, is capable of
fully subtracting magnetization if it is continued to the
Curie point. It is applied by heating the sample to
a specified temperature and cooling the sample in a zero
magnetic field so that all magnetization blocked below
the assigned temperature is then unblocked and removed.
Demagnetization proceeds in increasing temperature steps
until the Curie point is passed and all remanence in the
rock has been subtracted. The experimental procedure is
best conducted in a field-free space so that magnetization
cannot readily be imparted from the ambient field before
the treated samples have been measured.
Analysis
A stereographic plot of magnetization directions at each
stage of demagnetization treatment, although generally
used in older studies (see Collinson, 1983 for details of
plotting), is not a satisfactory way of resolving the compo-
nents of remanence because these directions will likely
record the resultant of two or more components. Instead
it is usual to illustrate the vector (with three-dimensional
properties) in two-dimensional space by projecting it onto
two planes at right angles. These projections can be com-
bined together on a single projection and are described as
“orthogonal plots.” They were first applied to a paleomag-
netic study by Wilson (1961) and the display technique
was formalized by Zijderveld (1967). TheD, I, andM data
of the progressive demagnetization experiments may be
resolved into north, east, and downward (or upward) com-
ponents to construct a vector component diagram
(Figure 4). The base of the NRM vector is placed at
the origin of the Cartesian coordinate system and the
tip of the vector is projected onto two orthogonal
planes. The distance of each data point from the origin
is proportional to the intensity of the NRM vector
projected onto the plane. The projections of the NRM
vectors onto the horizontal plane are constructed by
plotting N versus E and the second projection plots pro-
gressive NRM data onto a vertical plane. A vertical
component of the NRM vector at each demagnetization
level is plotted against the north (or east) component.
It is a common practice to denote projections on the
horizontal plane and vertical planes by solid and open
symbols, respectively.

An important observation is that a linear trend of
projected points defines the progressive removal of one
component only (Figure 4a). If this line migrates toward
the origin of the projection it demonstrates that only the
high unblocking temperature or coercivity magnetization
is left to be removed. Thus the successive removal of the
lower unblocking temperature or coercivity magnetiza-
tions, and the isolation of the highest unblocking temper-
ature/coercivity component, can be achieved by the
recognition of successive linear trajectories. The last com-
ponent to be resolved is often designated as the Character-
istic Remanent Magnetization (ChRM) and is usually the
most interesting component for interpretive purposes,
although the secondary components removed below this
may be of interest for resolving the later history of the
rock, especially if they can be linked to a later event such
as a thermal pulse or a diagenetic episode. The direction of
any component represented by a straight-line segment on
an orthogonal plot can be recovered by extracting that
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Paleomagnetism, Measurement Techniques and Instrumentation, Figure 4 The orthogonal projection of demagnetization data
during progressive demagnetization. When (a) there is no overlap between the blocking temperature/coercivity spectra of the
sample, the lower and higher components are defined by discrete straight-line segments as they are unblocked by thermal
demagnetization or subtracted by AF demagnetization. As the overlap of the spectra increases (b, c), the orthogonal projection
becomes progressively more curved and linear segments are no longer observed when both spectra are being subtracted at the
same time (c). Note that declinations can be read directly from the horizontal projection of the vector although a direct reading of
inclination is not possible. (After Collinson, 1983.)
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component from the data above and below and treating it
as a unique component.

The shape of the trajectory of vector projections depends
upon the degree of overlap of the coercivity or blocking
temperature spectra of the components (Figure 4). When
the spectra do not overlap, the vector diagram displays
successive linear trajectories, each one recording the
subtraction of a component. If overlap is only partial,
straight-line trajectories are still identified but intermediate
points corresponding to the overlap display a curved trajec-
tory (Figure 4b). If there is complete overlap between the
spectra the vector component diagram does not possess
linear segments (Figure 4c) but the trajectories may some-
times be used to isolate the components if they define
a great circle, a “circle of remagnetization.” A single great
circle on its own provides insufficient information to esti-
mate the ChRM direction, but if more than one circle is
available from different specimens and these circles con-
verge, then the convergence point, or its antiparallel equiv-
alent, can yield an estimate of the ChRM. Halls (1979)
reports a procedure for calculating the best-fitting conver-
gence point of several great circles. The majority of con-
vincing paleomagnetic results come from one and two
component structures, although paleomagnetic workers
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have ventured into the study of rocks with complex mag-
netic histories comprising multicomponent NRMs, and
combinations of AF and thermal demagnetization have
been used to isolate complex remanence structures.

The procedure for separating and resolving the direc-
tions of individual components is Principal Component
Analysis (PCA) and comprises a method for determining
the direction of the lines or planes that best fit the data
described by the orthogonal projections (Kirschvink,
1980); essentially a component segment is isolated from
the orthogonal projection and isolated as though it is the
only component present in the rock. An advantage of this
method is that it compensates for errors due to signal to
noise ratio, and provides a quantitative measure of the pre-
cision of the direction. The precision of the direction deter-
mined from the best-fit line is described in terms of
a Maximum Angular Deviation (MAD) and MAD values
<15 are usually considered to be acceptable.
Paleomagnetism, Measurement Techniques and
Instrumentation, Figure 5 The Fisher circular distribution
derived from the Gaussian probability function. PdA(y) is the
probability per unit angular area of finding a direction within an
angular area, dA, centered at an angle y from the true mean.
Distributions are shown for values of the precision parameter k,
of 50, 10, and 5.
Statistics
As with all experimental data, the directions resolved by
PCA will be associated with a number of random errors
arising from factors such as instrument noise, inaccuracies
in sample orientation, imperfections in demagnetization,
and secular variation of the recorded geomagnetic field.
The net result of all these factors is a dispersion from
which the researcher requires the best estimate of the mean
direction. Determining a mean and confidence limit from
any set of values by a statistical method is based on
a probability density function. A function applicable to
paleomagnetic directions was developed by Fisher
(1953) and provides a simple procedure for treating paleo-
magnetic data. Fisher’s analysis treats each accepted
direction in the population as having a unit weight and rep-
resents it as a point on a sphere of unit radius. The disper-
sion of these points on the sphere is assumed to have
a circular Gaussian distribution (Figure 5) and the mean
of the set of directions is calculated by vector addition:
each unit vector is resolved into three orthogonal compo-
nents in Cartesian coordinates and the components are
summed to obtain the length of the resultant vector (R)
and the mean direction (D and I ).D and I define the direc-
tion of the best estimate of the mean while R is used to
assess confidence in the result.

Two simple parameters, k and a95, are used to illustrate
the quality of the calculated mean in paleomagnetic stud-
ies. The probability of finding a direction at an angle (y)
from the calculated mean is expressed in terms of
a probability function involving a precision parameter k.
Fisherian statistics use an approximation for k defined
by a parameter denoted by k = (N � 1)/(N � R) where N
is the number of directions and R is the length of the resul-
tant vector. The a95 value in degrees defines the angular
radius of the cone of confidence projected from the center
of the unit sphere within which we have 95% confidence
that the true direction actually lies. It is simply calculated
from a95 = 140/(k�N)½ and is comparable to the standard
estimate error of the mean in Gaussian statistics; 5% of the
observed directions are expected to fall outside of this cir-
cle. High reliability in paleomagnetic analysis is therefore
expressed by large k and small a95. As with all statistical
analysis, precision estimates are improved by increasing
the sample population although in terms of experimental
effort the increase becomes progressively less worthwhile
for large values of N. Sample populations from a single
unit such as a lava flow are generally considered satisfac-
tory if N is 7 or more, while k values <10 are
unsatisfactory.

Determination of paleomagnetic poles
The resolved mean direction of magnetization is used
directly in many analyses and interpretations – in regional,
small- to medium-scale tectonic problems. However, for
larger scale analysis such as the determination of past
global geometries and analysis of the geomagnetic field
it is necessary to convert it into an equivalent pole posi-
tion. This also provides a meaningful way of comparing
ChRM directions from rock formations of same age, but
widely separated on the same continent or tectonic plate;
for this purpose a common reference system is necessary
and is provided by the paleomagnetic pole. The pole posi-
tion is the position where the geomagnetic field axis
responsible for the observed paleomagnetic field direction
meets the surface of the Earth. A model is required to per-
form this calculation. Since more than 90% of the present
geomagnetic field can be explained in terms of an axial
geocentric dipole source, this is the model normally used
to calculate paleomagnetic poles and the position is
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expressed in the present geographic longitude – latitude
grid. For a paleomagnetic field of inclination I, the ancient
latitude (l) of the site is given by the simple formula
Tan I = 2 Tan l. The equations required to calculate the posi-
tion of the paleomagnetic pole require the declination D
and the coordinates of the sample locality in addition to
the inclination. They are given in all paleomagnetic text
books (see, e.g., Tauxe, 1998).

The geomagnetic pole calculated from a single geo-
magnetic field observation (e.g., from a single lava flow)
yields a Virtual Geomagnetic Pole (VGP) and will include
components of the non-dipole field incorporating the sec-
ular variation. A paleomagnetic pole is calculated from
a number of VGPs derived, for example, from several lava
flows or levels through a sedimentary section and is antic-
ipated to have averaged non-dipole field components so
that it represents the Earth’s rotation axis at the time that
the ChRM was acquired by the rocks. The angular disper-
sion of the VGPs constituting the collection can be used to
test whether this is effectively achieved by comparison
with the dispersions achieved by secular variation during
historic and recent geological time (McFadden et al.,
1991). The expected angular dispersion is a function of
latitude although the comparison is presently of limited
value because the comparative database is sparse in the
southern hemisphere and temporal coverage is poor. Con-
fidence limits for a paleomagnetic pole are derived from
a95, the radius of the cone of 95% confidence about the
mean direction. These translate into an oval of confidence
within which we have 95% confidence that the pole actu-
ally lies. Themaximum andminimum radii of this oval are
given by dp =2 a95 (1/(1+ 3Cos2I)) and dm = a95 (Sin p/
Cos I ) where p is the magnetic colatitude or the great-
circle distance from the sampling location to the pole.

Instrumentation
The magnetization intensity can vary by several orders of
magnitude between different rock types. Strong magneti-
zations can be rapidly measured with instruments of low
sensitivity while weak magnetizations require more sensi-
tive instruments and the measurements may need to be
integrated over longer periods of time. The magnetometer
developed by Blackett (1952) utilized the deflection of
a suspended astatic magnetic system. Since this system
is sensitive to vibration and measurements are relatively
slow, it is now obsolete. Spinner magnetometers are
used to measure magnetizations of strong to intermedi-
ate intensities, including those found in many igneous
and metamorphic rocks. These magnetometers are less
suitable for sedimentary rocks, which can often be
weakly magnetized, and superconducting magnetome-
ters (superconducting quantum interference devices-
SQUIDs) are then required.
Spinner magnetometers
In the spinner magnetometer the sample is spun adjacent
to a detecting coil. A fluctuating electromotive force
(emf) is induced proportional to the magnetization with
the amplitude of the output voltage proportional to the
component of magnetic moment perpendicular to the rota-
tion axis (P⊥). The phase of the voltage is utilized to relate
the direction of the measured component to a reference
direction in the sample. The sample is rotated successively
about three axes to obtain average values of the NRM
components and reduce the effect of inhomogeneity to
�2� in direction and ��5% in intensity. During the early
development of spinner magnetometers, measurement of
weak magnetizations was achieved by increasing the rota-
tion speed and by careful design of the pick-up coil sys-
tem. Since electric motors operating at a frequency of
�100 Hz are required for rotating the samples,
a challenge to the design has been the requirement to
shield this unavoidable source of electromagnetic noise
from the measuring assembly. This problem can be
reduced by using an air turbine, and in modern magnetom-
eters, the frequencies used are in the range 5–80 HZ with
signal discrimination circuits employed to reduce the
effects of noise.

The usual procedure for NRM measurement is to spin
each sample in six mutually orthogonal orientations so
that any two of X, Y, and Z are in turn perpendicular to
the spin axis. Since two orthogonal components of magne-
tization are obtained from each spin, the orientations are
chosen to provide four determinations each of X, Y, and
Z, usually two of each sign for each component. This pro-
cedure tends to average out any random noise on the sig-
nals, the effects of inhomogeneity of NRM, and any
remanent magnetism in that part of the sample holder per-
manently attached to the shaft. The six sample orientation
used should ideally satisfy the following: (a) provide two
values each of +x, +y, and +z, (b) distribute the displaced
dipole caused by inhomogeneity of the NRM as uniformly
as possible in space, (c) average the possible error arising
from imperfect calibration of the NRM direction of the
magnetometer, and (d) measure each NRM component
in each “channel” of the magnetometer, that is, the sample
is placed in the holder with X, Y, and Z each in turn parallel
and perpendicular to the reference direction.

Some commercial spinner magnetometers (Figure 6b)
can now achieve sensitivities close to those attainable with
SQUID magnetometers, but since they need to be run at
high speed they are unsuitable for friable or poorly shaped
samples.
Cryogenic magnetometers
Developments in cryogenic technology have had impor-
tant implications for paleomagnetic analysis. Firstly they
have permitted an increase in sensitivity by one to three
orders of magnitude and the rapidity of measurement has
permitted study of a wider range of rock types than has
been possible hitherto. Secondly it is possible for magne-
tism in a sample to be measured by a single insertion into
the sensing coils because only one axis of the sample
needs to be presented to the magnetometer. Magnetic
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Paleomagnetism, Measurement Techniques and Instrumentation, Figure 6 Instrumentation in a typical paleomagnetic
laboratory. Measurements and demagnetization procedures take place within large sets of Rubens coils designed to continuously
nullify the ambient geomagnetic field. In (a), two thermal demagnetizers are stacked on the right; these are designed for the
treatment of trays of multiple cores to specified temperatures for programmed time intervals. On the left, the operator is using one of
two interfaced spinner magnetometers for measurement of relatively strongly magnetized rock samples. (b) Two magnetometers
used for the measurement of weakly magnetized rock samples are an FIT hydrogen SQUID magnetometer on the left and a JR6 high
speed spinner magnetometer on the right.
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and thermal cleaning can then potentially be automated
with the measuring procedure. Cryogenic magnetometers
use the properties of a superconducting ring made of
a metal with perfect diamagnetism, which causes the
expulsion of all magnetic flux from the ring below
a certain temperature. When an external field is applied
in the superconducting state all flux is expelled from the
interior of the metal but not from the hole within the ring;
this means that induced currents flow in one direction on
the outer face of the ring and in the opposite direction on
the inner face. If the applied field is removed the currents
on the outside of the ring disappear but the current on the
inside face persists to maintain a field within the ring.

The ability of the ring to trap and maintain magnetic
fields to better than one part in 109 can be used in magne-
tometry by trapping a zero field within the loop and then
using this volume for measurement. These magnetometers
are operated at the superconducting: resistive boundary.
The ring current is quantized so any flux entering the ring
at this transition state is also quantized and is measured in
terms of a feed-back current. The magnetometer is
surrounded by an insulating evacuated space cooled by
liquid helium or nitrogen and pick-up coils connected to
SQUID detectors are employed to measure the NRM
along one axis or simultaneously along two or three mutu-
ally perpendicular axes. Mumetal shields are employed to
blanket external field variations and some automated sys-
tems allow complete demagnetization within this field-
free environment. Cryogenic magnetometers are faster
and typically more sensitive than spinner magnetometers
but cost much more to purchase and operate; the liquid
nitrogen represents an ongoing cost, and while helium
can achieve lower temperatures it is more expensive and
less commonly used these days. For further details on
these magnetometers the reader is referred to Collinson
(1983) and Tauxe (1998).

Alternating field demagnetizers
In AF demagnetization, an oscillating field is applied to
a paleomagnetic specimen in a nullified magnetic field
environment. The equipment comprises a coil, a capacity
bank for tuning the coil, a power supply and current reduc-
tion mechanism, a coil system or magnetic shield for pro-
viding a low ambient field over the sample, and a sample
tumbler. The rock specimens are rotated within the center
of the coil in a tumbling system incorporating simulta-
neous rotation about horizontal and vertical axes. The
ratio of the two tumbling rates is designed to expose as
many configurations of the sample as possible to the
applied field acting along the axis. The applied current is
then smoothly and gradually reduced to zero as the speci-
men continues to rotate. Most modern AF demagnetizers
are designed to achieve initial fields in excess of 100 mT.
It is essential to ensure that the geomagnetic field within
the demagnetizer is completely cancelled or the specimen
may acquire an Anhysteretic Remanent Magnetization
(ARM), and an alternating field with a very pure wave-
form is essential for the best results than avoid rotational
and gyro magnetic effects.

The theory of AF demagnetization is explained by
Butler (1992). The waveform of the applied alternate mag-
netic field is a sinusoid with linear decrease in magnitude
with time (Figure 7). The expanded figure (b) emphasizes
the smooth decrease required. All the grain moments with
coercivities below the peak AF will track the field. These
entrained moments will become stranded, however, as the
peak field drops below the coercivities of individual mag-
netic domains. The directions of stranding will be
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Paleomagnetism, Measurement Techniques and Instrumentation, Figure 7 (a) The generalized wave form of the magnetic
field used during AF demagnetization and (b) expanded version of a small portion of AF demagnetization between two
successive peaks. (After Butler, 1992.)
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effectively random if the tumbler has been appropriately
designed to present as many configurations as possible
of the sample to the declining applied field. By progres-
sively increasing the applied field, the domains of succes-
sively higher coercive force are randomized or subtracted
from the total measured remanence. The coercive spectra
of the sample can then be resolved up to the maximum
field of demagnetization and contributions of successive
components to the NRM resolved by application of
orthogonal projections and PCA. As noted above, AF
demagnetization is unable to fully subtract the NRM in
a rock and is ineffectual with hematite-bearing rocks due
to the high coercivity of this mineral.
Thermal demagnetizers
Thermal demagnetizers can serve the purpose of both
demagnetizing the NRM in paleomagnetic specimens
and applying a partial thermal remanent magnetization
(pTRM); the latter procedure is used for investigating the
record of the ancient intensity (paleointensity) preserved
in some rocks. If the temperature of the rock is raised until
the relaxation time of some fraction of the particles carry-
ing NRM has been reduced to a few minutes or less, the
NRM of these particles will be unblocked. Their contribu-
tion to the NRM of the rock will be lost if they are cooled
to the ambient temperature in a zero field. In this way, the
contribution of lower stability grains to the NRM can be
randomized. Alternatively, if a DC field is applied during
cooling, the grains whose unblocking temperatures have
been exceeded will be realigned into the new applied field
direction; they will then have acquired a pTRM. If the rock
sample is subjected to successively higher temperature
treatments, the lower blocking temperature components
are progressively removed. The components contributing
to the NRM are then progressively subtracted and can be
resolved by projecting the successive magnetizations on
an orthogonal projection and applying PCA.

Thermal demagnetizers comprise a magnetic shielding
system to exclude the ambient field, a furnace,
a thermocouple, and a temperature control unit. A prime
concern is the control external magnetic field, while the
furnace should be of sufficient size to hold a reasonable
number of samples (10–50) and to give a uniform temper-
ature through them (<�10�C at 600�C). The winding of
the heating coil onto the curved surface of a silica tube
forming the inside wall of the furnace is noninductive to
reduce stray magnetic fields. It is required to be capable
of heating samples to a temperature (�700�C) in excess
of the highest Curie points of the ferromagnetic minerals
over a reasonable time (�1 h). The available maximum
voltage is usually that of the electrical mains. The
maximum current is dictated by that of the temperature
controller being used, or of a variable transformer, and
thus the resistance of the furnace winding is determined.
Between 20�C and 700�C the resistance of the winding
will increase (by 5–10%). If the resistance determined
from the available voltage and current is the cold
resistance, the current (and heating rate) decreases at high
temperatures, whereas if it is the hot resistance the cold
current will be slightly above that calculated. The wire
diameter depends on the size of the furnace and the num-
ber of turns with a minimum separation of the turns set
by the requirement for sufficient insulation between them;
a wide separation is detrimental to temperature uniformity.

Although large furnaces are useful for dealing with
many samples at once, their thermal inertia is considerable
and may cause problems with temperature control.
A suitable thermocouple material is Pt/13%Pt-Rh, with
an output of �6.7 mV at 700�C. The thermocouple tip
may be covered with a standard rock sample to the center
of which an axial hole has been drilled. It is then likely that
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the rock samples will be uniformly heated throughout the
indicated temperature, by ensuring that the thermal inertia
of rock and thermocouple are similar. Several commercial
temperature controllers are available for automatically rais-
ing and holding the furnace temperature to a preselected
value. The controller senses the furnace temperature via
a thermocouple placed close to the furnace winding.

Some furnaces are designed so that it is possible to con-
duct heating/cooling cycles in an inert atmosphere or in a
vacuum to minimize oxidation. Although thermal demag-
netizers are in principle, capable of completely removing
the NRM in a rock and thereby recovering the entire com-
ponent structure in a way that may not be resolvable by
AF demagnetization, this is seldom fully achievable in
practice. The limitations are the difficulty of completely
canceling the ambient magnetic field without excessive
shielding and the possibility of chemical alteration during
the successive heating and cooling cycles. To surmount
the latter problem, microwave systems are in the process
of development. They have been successively applied
to paleointensity studies by a few laboratories (Walton
et al., 1992) but have not yet been produced with a capa-
bility for routine NRM demagnetization.

Summary
A record of the past magnetic field, known as magnetic
remanence, is preserved by ferromagnetic mineral grains
in rocks and other natural materials. These minerals are
mostly oxides of iron (magnetite, hematite, maghemite)
and some types of sulfide (pyrrhotite). Although they usu-
ally comprise no more than a few percent of the total rock
volume, they provide key information for geology and
geophysics, and for the wider fields of the environmental
sciences and archeology. The material for study is col-
lected in the form of small oriented samples in sufficient
numbers and distributed amounts to be representative of
a sample of the ancient magnetic field for short periods
of time (study of secular variation and short-term geomag-
netic field behavior, archeological applications) or long
periods of time (geology and geophysics). The magnetiza-
tions are measured using magnetometers designed for
determining a range of strong to weak natural magnetiza-
tions that comprise spinner magnetometers based on the
current induced in a detector system as the sample is spun
near to a coil, or SQUID magnetometers based on cryo-
genic technology.

The magnetizations in most materials are composite
effects comprising the vector sum of a primary magnetiza-
tion imparted when the rock was formed and secondary
magnetizations acquired during later events that may have
influenced the rock. These component magnetizations are
separated and resolved by demagnetization procedures
that progressively subtract the magnetization resolved
either in terms of the coercivity spectrum of the magneti-
zation (AF demagnetization) or the blocking temperature
spectrum (thermal demagnetization). The magnetizations
are resolved by projecting the successive values of the
vector during this progressive treatment onto a two-
dimensional orthogonal plot and identifying the constituent
components from their contributions to the coercivity/
blocking temperature spectra. The populations of mag-
netic directions resolved from a paleomagnetic study are
statistically analyzed using a system of (Fisherian) statis-
tics assuming that each direction is of equal importance
and the population can be represented in terms of
a circular Gaussian distribution. Two simple parameters
comprising a precision parameter k, and a cone of 95%
confidence a95 are used to express the quality of the result.
The mean direction can be converted into an equivalent
geomagnetic of paleomagnetic pole by assuming that
the source of the field direction resolved at the surface of
the Earth originates in a geocentric dipole source in the
Earth’s core. In the long-term application, this dipole
may also be assumed to be axial and constrained to
the rotation axis of the Earth.
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Paleomagnetism, Polar Wander, Figure 1 Diagram illustrating
polar wander on a quasi-rigid planet (After Goldreich and
Toomre, 1969). The beetles represent mass anomalies that
change with time (drifting plates or mantle heterogeneities),
inducing changes in the principal non-hydrostatic moments of
inertia. The coordinate system attached to the (slowly
deforming) solid planet moves with respect to the rotation
(or spin) axis.
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Definition and introduction
For more than two centuries, geoscientists have suggested,
based on geological field observations (reconstruction of
paleoclimate belts based on fossils or certain rock types),
that the past Earth’s equator (and Equatorial conditions)
must have at some time been located far from its present
position. In the early 1950s, paleomagnetists such as
Runcorn (1956) provided quantitative evidence that the
instantaneous geographic or rotation pole had moved with
respect to certain continents. The paths followed by the
poles in the geological past were termed “apparent” polar
wander paths (APWPs), because it was not clear whether
it was the pole or the continent that hadmoved. Since then,
we have learned that oceanic and continental plates have
moved with respect to each other and that a significant part
of APW was actually due to these relative motions.
A remaining fraction in polar wander, which would be
a characteristic of “Earth as a whole” and which would
not be accounted for by plate tectonics, is called “true”
polar wander (TPW). True polar wander refers thus to
the large-scale motions of the Earth’s rotation axis
through geological time. External forces driving shorter-
term changes such as precession are not taken into
account here.

True polar wander could result from centrifugal forces
acting on mass anomalies distributed on or inside the
Earth: excess mass, for instance, will lead to slow defor-
mation of the Earth and change its rotation axis, causing
the mass to move towards the equator without being
displaced with respect to the solid Earth. The problem is
to define precisely in a deformable Earth which part wan-
ders with respect to which reference frame. What is
defined (e.g., Steinberger and O’Connell, 2002) is the axis
of rotation of a reference frame (RF) relative to an inertial
frame of reference (i.e., determined by the angular
momentum vector of Earth). The reference frame can be
selected as the one that has zero net rotation when motions
are integrated over the entire mantle, called the “mean
mantle” reference frame. Or one can also define a “mean
lithosphere” frame, in which the lithospheric plates have
no net rotation. These frames in general do not coincide
(Ricard et al., 1991; O’Connell et al., 1991). The “mean
mantle” frame can be computed in numerical simulations
in which the density distribution is given over the entire
mantle. However, if one attempts to constrain it with
actual paleomagnetic observations, one has to assume that
the “mean mantle” frame is identical to some frame based
on observations: the “hotspot reference frame” will most
often be the one involved. Steinberger and O’Connell
(2000) show that the approximation (discussed later in this
paper) is quite good even if hotspots move in the
convecting mantle.

The crust and mantle actually deform actively at the
typical velocities of plate tectonics (�10–100 mm/year).
Thus, polar wander involves (relative) motions of the rota-
tion axis with respect to the Earth’s mantle.

Goldreich and Toomre (1969) hypothesized that large-
scale polar wandering and continental drift shared
a common explanation through mantle convection and
the resulting redistribution of masses within the mantle.
Goldreich and Toomre (1969) started their analysis of
the motions of the rotation axis of a quasi-rigid Earth with
the classical figure, where a colony of beetles (the conti-
nents or other mass anomalies) moves slowly at the sur-
face of a rigid rotating sphere (Figure 1). They simulated
very large polar wander, with particularly intense and
rapid swings.

The physics of TPW is explained among others by Ricard
et al. (1993a): TPW is seen as the result of conservation of
angular momentum of a rotating, deformable body, whose
inertia tensor slowly changes with time. The reasons for
the changes are mass redistributions linked to mantle con-
vection. In simple terms, the inertia tensor component that
affects polar wander is related to subducting slabs, upwelling
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plumes, and more generally thermal and chemical mass het-
erogeneities resulting from a long history of mantle convec-
tion. With estimates of degree 2 components of the
geopotential derived from satellite data, it can be shown that
the non-hydrostatic part of the Earth’s inertia ellipsoid is tri-
axial, the present rotation axis coinciding with the largest
of the non-hydrostatic moments of inertia. The rotation axis
tracks the maximum principal inertia axis (PIA) of the
non-hydrostatic inertia tensor as fast as adjustment of the
hydrostatic bulge allows.
Measure of true polar wander
The position of the rotation axis depends on the time scale.
According to astronomers and geodesists, polar wander-
ing is occurring at present. For instance, a determination
by Gross and Vondrak (1999) uses the star catalog
established from satellites during the past century. The
result is a mean drift of the Earth’s rotation pole over the
period 1900–1992 of �107 mm/year along the direction
of the 79�W meridian.

It has also been proposed that this long-term polar wan-
der is largely due to post-glacial rebound, i.e., lithospheric
and mantle response to melting of ice (e.g., Sabadini and
Peltier, 1981; Mitrovica and Milne, 1998). The pole is
moving towards Hudson Bay, where a large ice mass
melted and the lithosphere is currently rising.

On time scales longer than 106 years, TPW most likely
reflects convection of the whole mantle expressed at the
surface by horizontal plate motions Steinberger and
O’Connell (2002), and paleomagnetism has become the
primary source of information. The apparent polar wander
paths from all the major plates are being defined with
increasing accuracy, and their differences reflect continen-
tal drift and plate tectonics. This demonstration of the real-
ity of “apparent” polar wander seen from any plate has led
some to propose that the concept of “true” polar wander-
ing might be irrelevant or unnecessary. Are remaining
fractions in polar wander, which would be
a characteristic of “Earth as a whole,” and which would
not be accounted for by plate tectonics, actually resolv-
able? The concept is worthwhile if a reference frame exter-
nal to the plates themselves can be defined, in which there
was significant motion of the pole. Most studies
performed in the last 2 decades followed an approach,
based on the possibility, originally suggested by Morgan
(1972, 1981), that hotspots could provide a valid reference
frame for the mantle. Its meaning and existence has been
the subject of continued debate, up to this day.

Hotspots are active volcanoes apparently unrelated to
plate boundaries, which have been active for tens of mil-
lions of years. Hotspots are supposed to be the surface
manifestation of plumes, which have left traces in the form
of nearly linear chains of extinct volcanoes on the plate(s),
which passed over them. Morgan (1972, 1981) proposed
that these plumes have a “deep” mantle origin: these
convective instabilities may be anchored at least down to
the transition zone and possibly all the way down to the
core-mantle boundary. As a plate moves over such
a plume, the relative motion can be described by
a rotation about a pole. If hotspots are indeed fixed with
respect to each other and are fixed within the mantle, then
hotspot apparent polar wander describes the wander of the
Earth’s rotation axis with respect to the mantle. It is this
motion of the pole with respect to the hotspots, assumed
to act as a reference frame for the mantle, which has been
taken as an estimate of true polar wander. Determining
TPW requires the best possible knowledge of APWPs of
all plates (i.e., the best possible data base of paleomagnetic
poles to determine the paleolatitudes and orientations of
plates with respect to the rotation axis), of their relative
motions (determined by marine magnetic anomalies and
azimuths of transform faults), and finally the positions
and ages of individual volcanoes along hotspot tracks
on plates. Paleolatitudes of these seamounts are used for
comparison to test model predictions.

APWPs and kinematic models were developed from
the 1960s to the 1980s under the key assumption that
when averaged over a sufficient amount of time, in excess
of a few thousand years, the Earth’s magnetic field could
be described accurately by a geocentric axial dipole (so-
called GAD hypothesis). Besse and Courtillot (1991,
2002), among others, proposed to blend two data sets:
the paleomagnetic poles used to derive the APWPs and
the oceanic data used to derive plate kinematic models.
They used then available paleomagnetic and kinematic
models and produced a “synthetic” APWP, which was
defined with respect to South Africa and then transferred
to all other plates. Motion of hotspots with respect to the
plates (Müller et al., 1993) was then integrated to derive
an estimate of TPW (Figure 2).

The resulting TPW curve is shown in Figure 3 with
a 20 Myr time resolution (each point corresponds to the
successive positions with respect to time of a hotspot pres-
ently situated at the North geographic pole). Points are
shown with their 95% confidence circles every 10 Myr
and every other point is statistically independent (esti-
mates at 5 Myr intervals are also available in that study).
The first points, corresponding to the period 8–59 Ma,
are all in the same quadrant, between 3.3� and 5.9� away
from the present rotation pole, with 95% uncertainties
ranging from 2� to 3.8�. They are not statistically distinct
from each other and therefore could correspond to
a standstill. A mean position can be calculated from all
data points in that time window: It is found to lie signifi-
cantly displaced from the pole. The youngest mean pole
at �5 Ma is also significantly displaced from the pole
but not statistically different from the 55Ma overall mean.
It seems that TPW may have been negligible for an
extended period of about 50 Myr, but accelerated a few
million years ago, with a velocity on the order of 100
km/Myr. Prior to that, the path displays a succession of
a standstill at 160–130 Ma, a quasi-circular track from
130 to 70 Ma, then the standstill at 50–10 Ma and the
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Paleomagnetism, Polar Wander, Figure 2 How mantle TPW is determined: At Time T0, a deep plume (located arbitrarily under the
North Geographic Pole) produces a volcano V0 on an oceanic plate. In the hypothesis of a Geocentric Axial Dipole field,
a magnetization of inclination I0 = 90� is fossilized in the lavas (the inclination (I) depends on the colatitude (l) such as TgITgy = 2).
Time T1: the oceanic plate has moved southward and a hotspot trace is formed, but the Plume remains at the same position (i.e., no
mantle TPW). A new volcano (V1) is fed and records the same 90� inclination (I1) as in the volcano V0. Time T2: an episode of TPW
occurs: the plume is tilted southward (with the rest of the mantle). The third volcano V2 will fossilize a lower inclination than V0 and
V1. Later on, a paleomagnetist will measure past inclinations in lavas: as lithosphere only moves on the mantle, volcanoes will record
the same inclination; the plume remains stationary. In case of TPW, the difference of paleolatitudes deduced from measured
inclination will indicate the amount of motion.
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faster motion up to the present. The true polar wander rate
between 130 and 70 Ma averages 30 km/Myr. True polar
wander appears episodic in nature, with periods of (quasi)
standstill alternating with periods of faster TPW. The typ-
ical duration of these standstill periods is on the order of
a few tens of millions of years (50 Myr). Because of all
the uncertainties in models of hotspot kinematics prior to
�130 Ma, it is not safe to place too much weight on
behavior prior to that time. The major event since then is
therefore the end of the 130–60 Ma period of relatively
fast polar wander, with a standstill (i.e., no or little TPW)
from 50 Ma (actually because of larger 95% confidence
circles, possibly 80 Ma) to 10 Ma.

However uncertain, evidence for the fact that Earth
emerged from a long standstill to enter a new period of
faster polar wander in a different direction 10 Ma ago
(�5Ma at the higher resolution) is particularly interesting.
That period would then still be going on. The youngest
pole at �5 Ma, taken at face value, would imply a TPW
rate of 130 km/Myr in the direction �15�W (with
a large azimuthal uncertainty from 10�E to 40�W, due to
proximity of the 5 Ma pole to the present rotation axis).
The reasonable agreement with recent astronomical deter-
minations (107 km/Myr in the direction 79�W, with
a possible range from 65�W to 85�W) has reinforced the
idea that this might be a valid estimate and that TPWdirec-
tion and rate might have been rather stable over the last
5 million years corresponding to significant, large-scale
changes in ice cover. Ice is not considered to have played
a significant role before. It was absent prior to �30 Ma.

A legitimate concern regarding the above conclusions
is due to the fact that the analysis is not truly global, in
that it fails to encompass the Pacific plate. Petronotis and
Gordon (1999) have compiled an APW path (nine poles
from 125 to 26Ma) for the Pacific plate, based on the anal-
ysis of skewness of ocean crust magnetic anomalies and
on seamount magnetic anomaly modeling. Using the
Pacific plate versus hotspot kinematic model of
Engebretson et al. (1985), based on dating of volcanoes
that are part of hotspot tracks such as Hawaii, Louisville,
or MacDonald, Besse and Courtillot (2002) have deter-
mined a corresponding 125–26 Ma “Pacific hotspot only”
TPW curve. The “Pacific” and “Indo-Atlantic” TPW
curves are compared in Figure 4. This comparison is inter-
esting because the data sets they are based on are entirely
different and independent.

Despite some significant differences, it is worth empha-
sizing that the two curves are altogether similar in shape
(tracks, amplitudes, azimuths), particularly the 300� longi-
tude trending track from 130 to 70 Ma, though the two are
offset (in the same general direction) by about 7�. More
precisely, the confidence intervals intersect (thoughmeans
are not in the intersection) near 125, 90, 60, 40, and 30Ma.
The main differences occur between 80 and 70 Ma: the 82
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and 65–72 Ma poles derived from Petronotis and Gordon
(1999) and the 77 and 67 Ma poles derived by Besse and
Courtillot (2002) are clearly distinct. Tarduno and Cottrell
(1997) and Tarduno et al. (2003), however, expressed
doubts on the reliability of APWPs for an oceanic plate,
such as the Pacific, when they are based solely from inver-
sions of magnetic surveys over seamounts and/or analysis
of skewness of marine magnetic profiles. They have deter-
mined the paleolatitude (based on inclination-only data
from cores) of the 81 Ma old Detroit Seamount, which is
part of the Emperor chain, and noticed that the
paleolatitude is distinct from that based on the 81 Ma pole
of the Pacific APWP (Sager and Pringle, 1988) based on
seamount anomaly poles. Tarduno and Cottrell (1997)
exclude the possibilities of inadequate sampling of secular
variation, bias due to unremoved overprints or off-vertical
drilling. Di Venere and Kent (1999) and Cottrell and
Tarduno (2000) argue that the reliability of the Pacific
paleopoles based on either modeling of seamount mag-
netic anomalies or determination of skewness of marine
magnetic anomalies should be considered suspect. Both
are prone to numerous biases and could yield errors in
excess of 10� in the position of the mean poles derived
from them. This debate is not closed.
Is a reference frame based on hotspots valid?
Another question discussed in the last decade is Pacific
hotspot fixity with respect to one another and to the
“Indo-Atlantic” hotspots. Norton (1995) has suggested
that the famous 43 Ma Hawaiian bend in the Hawaiian–
Emperor hotspot track was actually a “nonevent,” i.e.,
indicated a change in motion of the Hawaiian hotspot with
respect to the mantle rather than a change in Pacific plate
motion. Koppers et al. (2001) find that the 0–43 Ma
Hawaiian and Foundation seamount trail pair is the only
one compatible with the fixed hotspot hypothesis. The
43–80Ma Emperor/Line pair shows particularly large dis-
crepancies, requiring motions of at least 30 km/Myr.
Koppers et al. (2004) studied 40Ar/39Ar age progressions
of the Hawaiian and Louisville hotspot tracks. They
showed that the progression is nonlinear and can be better
fitted with a moving hotspot model rather than a fixed
hotspot frame of reference. The primary Hawaiian and
Louisville hotspots did not move in concert, showing sig-
nificant inter-hotspot motion between 80 and 47 Ma.
While the Hawaiian hotspot experienced a substantial
15� southward motion prior to 47 Ma (Tarduno et al.,
2003), the Louisville hotspot is predicted to have experi-
enced an eastward motion of 5� during the same geologi-
cal period, followed by a minor 2� latitudinal shift over
the last 30 Myr. Clouard and Bonneville (2001) showed
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that Pacific seamounts are actually created by different
processes, many being short-lived. Only the Hawaii and
Louisville chains qualify as long-lived hotspots that can
robustly be tested for fixity. Their preferred explanation
for this is southward drift of Atlantic hotspots prior to
�95 Ma. Courtillot et al. (2003) reanalyzed the character-
istics of the world catalog of some 50 hotspots. They sug-
gest that surface hotspots on Earth may have three distinct
origins with only seven “primary” hotspots (Hawaii,
Easter, Louisville, Iceland, Afar, Reunion, and Tristan da
Cunha) originating from the deepest part of the lower
mantle, possibly anchored on chemical heterogeneities
deposited in the D00 layer. Courtillot et al. (2003) found
no evidence for inter-hotspot motion significantly larger
than 5 km/Myr either within the Pacific hemisphere or
the Indo-Atlantic hemisphere hotspots. Such rms veloci-
ties of 5 km/Myr or less, i.e., an order of magnitude less
than rms plate velocities, are to first order “small.” So,
some primary hotspots indeed seem to provide a quasi-
fixed frame in each hemisphere over the past 80–100Myr.

Was there then any motion between the two hotspot
ensembles? This raises the well-known difficulty of
establishing a reliable kinematic connection between the
two hemispheres through Antarctica. This has been
addressed by Raymond et al. (2000). Based on updated kine-
matics (assuming that there is no missing plate boundary or
unaccounted for motion between East and West Antarctica),
these authors predict the location of the Hawaiian hotspot
back in time, under the hypothesis that Reunion and Hawaii
have remained fixed with respect to each other; for this, they
use the dated tracks left on the African and Indian plates
by the Reunion hotspot since it started as the Deccan traps
65 Ma ago. The plot of misfit between the predicted and
observed positions for Hawaii as a function of time indicates
that the two hotspots have actually drifted slowly, at
�10 km/Myr, for the last 45 Myr, but at a much faster rate
(�50 km/Myr) prior to that, vindicating conclusions of
Pacific hotspot motion reached by Tarduno and Cottrell
(1997) or Tarduno (2007). Courtillot et al. (2003) conclude
that the primary hotspots may form two distinct subsets in
each one of the two geodynamically distinct hemispheres.
Each subset would deform an order of magnitude slower
than typical plate velocities. The two subsets would have
been in slow motion for the last 45 Myr, but in faster motion
prior to that.

Using their paleomagnetic results from Marie Byrd Land
inWest Antarctica, Di Venere andKent (1999) demonstrated
that some motion must have taken place since 100 Ma
between West (Marie Byrd Land) and East Antarctica; they
concluded that this motion cannot account for more than
20%, and possibly as little as 4% of the 14.5� offset between
the observed and predicted positions of the 65Ma Suiko sea-
mount on the Emperor continuation of the Hawaiian hotspot
track. They also discussed the integrity of the Pacific plate
and the role of missing plate boundaries and errors in kine-
matic plate circuits, and find that they play a small role. Di
Venere and Kent (1999) concluded that most of the apparent
motion between the twomain groups of hotspots is real, with
an average drift of about 25 km/Myr since 65 Ma. Stein-
berger et al. (2004) have combined hotspot motion in the
large-scale flow field of the mantle and intraplate deforma-
tion to account for most of the post-65 Ma misfits between
computed and observed hotspot tracks. Only a combination
of the two effects (hotspot motion and intraplate deforma-
tion) successfully predicts the geometry of the four selected
seamount chains in the Pacific and Indo-Atlantic hemi-
spheres. If correct, this analysis at the same time invalidates
the notion of a reference frame or of separate hemispheres
and replaces it with limited, predictable, inter-hotspot
motion. But TPW can still be calculated. The Hawaiian
hotspot would have moved faster between 80 and 50 Ma,
and at the same time TPW would have been faster prior to
50 Ma. TPW alone would account for paleolatitudinal
changes of the Reunion hotspot, whereas the two effects
would be required for the Hawaiian hotspot.

The estimate of true polar wander (TPW) over the last
200 Myr is thus still a matter of strong debates, as recalled
above, being based only on hotspots from the Indo-
Atlantic hemisphere. The TPW curve estimated using
Pacific-only data is similar to the Indo-Atlantic TPW,
seemingly validating to first order the concept that TPW
is a global phenomenon. On the other hand, Besse and
Courtillot (2002) suggest that TPW pole positions for the
two hemispheres are significantly displaced between
�50 and�90 Ma. Hotspot tracks become fewer and more
uncertain as one goes back in the past and pre-130 Ma
TPWestimates should be regarded with caution. However,
there are strong indications (Besse and Courtillot, 2002)
that the phase of true polar wander, which ended around
50 Ma, may have started �130 Ma ago.
Modeling of true polar wander
In an early attempt, Ricard et al. (1993b) and Richards
et al. (1997) derived a model of mantle density heteroge-
neities based on plate motions recorded by the ocean floor,
including slabs crossing the upper/lower mantle transition
zone slowing down by a factor between 2 and 5. Based on
this, they computed a synthetic geoid, which agreed rather
well with observations, provided viscosity increased by
a factor 40 going from the upper to the lower mantle.
Changes in the degree 2 geoid should reflect the history
of the inertia tensor and therefore TPW as revealed by
paleomagnetism. They predicted TPW velocities on the
order of 300 km/Myr in the direction 130�W, much larger
than observed rates. Their three-layer model could not
account simultaneously for the present-day geoid and
observed TPW.

In other studies, seismic tomography has been used to
infer 3D maps of density heterogeneities that drive flow
in the viscous mantle. Steinberger and O’Connell (1997,
2002) have developed an algorithm to calculate changes
in the Earth’s rotation axis for rather general viscoelastic
Earth models. Their model combines hotspot motion,
polar wander, and plate motions in a single dynamically
consistent model, allowing all effects to be simultaneously
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determined and their relative effects sorted out. Changes
in rotation are due to advection of “realistic”
density anomaly distributions inferred from a number of
seismic tomography models in a “realistic” flow field
constrained by observed plate kinematics at the surface.
Steinberger and O’Connell (2002) compare their model
results for a number of tomographic models and discuss
the effects of compressibility, deepmantle viscosity, thick-
ness of a high viscosity layer in the deep mantle, and
chemical boundaries on rates of TPW. Their TPW esti-
mates are in qualitative agreement with observations for
the last 100 Ma. Steinberger and Torsvik (2010) modeled
the present-day non-hydrostatic inertia tensor by combin-
ing contributions due to large low-shear velocity prov-
inces in the lowermost mantle and due to subduction and
found a spin axis at 67�N, 96�E (north Siberia). The distri-
bution of recent subduction, with largest amounts in the
northwest Pacific (beneath East Asia) and the southeast
Pacific (beneath South America), adds a secondary contri-
bution that moves the spin axis toward the observed poles.

Rouby et al. (2010) also investigated the effect of internal
mass redistributions on the position of the Earth’s rotational
pole for the last 120 Myr. They also used a geodynamic
model based on plate reconstructions and estimated the loca-
tion and rate of subducted slabs under the assumption that
they sink vertically into the mantle (Figure 5). The new
model takes into account the effect of large-scale mantle
upwellings derived from tomography (one is situated under
Africa, the other, nearly antipodal under the Pacific Ocean).
The temporal variation of the mantle density heterogeneities
Paleomagnetism, Polar Wander, Figure 5 Subduction zones at th
to the present-day final computed geoid (degree 2–12). The square
subductions zones (After Rouby et al., 2010).
was essentially found to reflect changes in subduction his-
tory. Because the tomographic images seem to show that
subducted plates do not systematically reach the CMB, they
investigated the influence of the depth down to which these
plates retain significant density contrast with respect to the
surroundingmantle on the present-day geoid and on the tem-
poral evolution of the Earth’s PIA (we recall the rotational
axis is aligned to the maximum PIA). They proposed
a model, which yields to a present-day geoid in good agree-
ment with the observed one. The associated minimum prin-
cipal inertia axis seems to be relatively stable since 120 Ma
and close to Africa, within the upwelling (Figure 6). Their
model displays that some of the features of the computed
TPW, which are directly linked to the temporal evolution
of the subductions, are reminiscent of observed phases
of slow and fast true polar wander, with similar peak veloci-
ties. Although their computed TPW is almost in the same
meridian as the observed one, the poles are still drifting
in the opposite direction, as was already the case for Ricard
et al. (1997).
An integrated explanation for polar wander?
Let us now put this study in the broader context of the
history of the Earth’s rotation.

Paleomagnetic indications that would support rather
fast true polar wander in pre-Mesozoic time have been
put forward by Van der Voo (1994; with rates between
70 and 110 km/Myr) and for very fast true polar wander
by Kirschvink et al. (1997; with rates in excess of
e Earth surface, every 40 Myr, since 200 Myr, superimposed
represents the mean center of small circles fitting the
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600 km/Myr in the early Cambrian). Recall that Stein-
berger and O’Connell’s (2002) numerical models place
an upper limit of about 100 km/Myr on TPW velocity.
For pre-Jurassic time, ocean floor has been destroyed
(together with evidence of plate kinematics and most
hotspot traces) and TPW cannot be estimated in the way
indicated above. Evans (2003) proposes to obtain
a crude estimate of TPW in the case when TPW velocity
would have been much faster than between-plate motions.
Kirschvink et al. (1997) and Evans (2003) discussed the
fact that the Earth may have in the past catastrophically
exchanged two of its principle axes of inertia (inertial
interchange true polar wander or IITPW), i.e., the whole
lithosphere (and mantle) may have rotated by some 90�
in only a few million years, bringing for instance parts of
the Earth that were close to the poles at the Equator. Evans
(2003) interpreted the large rotations as TPW about
a common, long-lived, minimum inertial axis (Imin) near
eastern Australia, which may also be regarded as the pro-
late axis of Earth’s figure, inherited from Rodinia
(Figure 7).

Satolli et al. (2007) on the basis of a high definition
magnetostratigraphy in the Apennines argued that a major
trend of the “mean” plate motion since at least 200 Ma can
be described as large successive clockwise or counter-
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clockwise rotations linked to TPW, and roughly centered on
Africa, this last plate being a “central plate” fromwhichmost
continents have diverged since the break-up of Pangea
(Figure 8). An animated sequence derived from Besse and
Courtillot (1991) APWP displays visually those features
available at http://www.ipgp.fr/�besse/pw. Steinberger and
Torsvik (2008) have also found that the global axis of rota-
tion for plates since 250 Ma also roughly centered in Africa,
and argued that they may also correspond to maxima of the
degree 2 non-hydrostatic geoid, corresponding to the mantle
upwellings.

Le Pichon and Huchon (1984) already remarked that
during Late Triassic about 200 Ma ago, the outlines of
Pangea lay along a great circle passing through the
paleopoles of rotation and also noticed that the present
geoid also displays hemispheric symmetry with an axis
located in the equatorial plane. The stability of subduction
zones back to the middle of the Paleozoic in a nearly N-S
plane was also recognized by Collins (2003). All these
studies pointed out a strong link between pole positions
and the geometry of the convection: this coincidence
might be explained by a deep-seated, quadrupolar convec-
tion as was first advocated by Busse (1983). Rouby et al.
(2010) addressed this question by computing a present
geoid day (degree 2–12) using the plate model described
above (Figures 5 and 6).

The persistent location of subductions in the western
Tethyan and Pacific regions for at least 250 Ma (and
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possibly earlier according to Collins) have generated
a ring of downwelling material inducing hot return flows
(the upwellings mentioned above) confined to two main
regions (presently Indo-Atlantic and Pacific). This geom-
etry defines the location of PIAs and pins the minimum
PIA in the region of upwelling. This large zone is roughly
centered on the equator also close to the maxima of the
degree 2 non-hydrostatic geoid. The minimum PIA has
been relatively stable since 120 Ma and close to Africa.
On the contrary, both the maximum and intermediate PIAs
have moved in a plane perpendicular to Africa along
a meridian corresponding to the large-scale pattern low
of the geoid. This meridian seems to be stable with time,
similar to the large-scale pattern of subduction around
the Pacific and western Tethyan zone of subductions.

The temporal evolution of the rotation axis is that of the
maximum PIA. Oscillatory polar wander is attributed to
TPW about a common, long-lived minimum inertial axis,
which would be the prolate axis of Earth figure, inherited
from the past plates/continent configurations and following
the quadrupolar convection model of Busse (1983).

This peculiar pattern may constitute a long-lived feature
of our planet, at least since 200–250 Ma, which forces con-
tinents to be roughly in an EW position, on a single hemi-
sphere bounded by a plane containing the rotation axis,
with the Earth’s rotational pole not far from the main ring
of subduction zones. TPW (and possibly APW) may occur
around a nearly equatorial euler pole (axis) of rotation, driven
by slight changes of magnitude between the maximum and
intermediate PIAs, principally caused by subduction loca-
tions and rate changes with time. This view is coherent with
the successive CW and CCW rotations of all continents
(including the Pacific Ocean) observed by Evans (2003),
Satolli et al. (2007), and Steinberger and Torsvik (2008)
around a point located somewhere in Africa and close to
the equator for these last two authors.
Conclusions
For the time being, the hypothesis that TPW is a go-stop-
go phenomenon, with long standstills in the tens of
millions of years, and periods of faster, rather uniform
polar wander at velocities often not exceeding 30 km/Myr,
cannot be discounted. Evidences for superfast events at
any time in the past remain to be demonstrated.

The similarity between TPW estimates for the Pacific
plate and the rest of the world, which are based on
completely different and independent data sets, may be
taken as support to the idea that small yet significant
TPW, on the order of 10�, occurred since the Cretaceous,
though it still requires careful verification.

Most current modeling still fails to some extent to
account for the slow values of typical TPW velocity
(0–30, and rarely up to 100 km/Myr), and even more so
to account for the prolonged (~50 Myr) periods with
almost no TPW (standstills). Steinberger and O’Connell
(2002) give reasonable velocities but predict smooth evo-
lutions, rather than the alternating episodes, revealed by
paleomagnetic data. Rouby et al.’s (2010) model restores
the present geoid, displays some of the features of com-
puted TPW that are directly linked to the temporal evolu-
tion of subductions, reminiscent of observed phases of
slow and fast true polar wander, with similar peak veloci-
ties, but the poles are still drifting in the wrong direction,
as was also the case for Ricard et al. (1997).

TPW seems to be linked to a pattern of quadrupolar con-
vection permanent (at least on periods of time in excess of
200 Ma). If the two upwellings remain more or less in the
same locations, the pole may move on the great circle per-
pendicular to the axis they form, the system being stabilized
by subductions not far from the pole. These concepts remain
to be tested for earlier periods of time.

The importance of the Pacific plate and severe limitations
on presently available data from that plate, the fact that the
global paleomagnetic database still is quite scant for certain
continents and time windows, the fact that many hotspot
traces are not yet sufficiently constrained in terms of age
and paleolatitude, all point to the need for many more direct
(paleomagnetic) measurements as opposed to indirect/
remote sensing determinations of magnetization direction
(i.e., “skewness” or “seamount” data).

The reason for the discrepancies between models and
data could be due to the quality of reconstruction of the
Pacific Ocean (specially before 130 Ma) and its relation-
ship with bordering continents, and hence, the poor
knowledge of the exact amount of subduction at a given
time (to which these kind models are so sensitive). Some
of this information is unfortunately lost forever, since
large parts of the Pacific Ocean have been subducted.

Future research should aim to understand the discrepan-
cies between observation and computations in order to esti-
mate possible uncertainties on the associated mantle mass
anomalies by testing other reconstructions. It will be particu-
larly useful to build a single reference frame for both Indo-
Atlantic and Pacific hemispheres: this implies that one must
be able to use Antarctica to link the two hemispheres. This
will not be easy, given the poor knowledge of deformations
suffered by the continent and the possibility of existence of
active margins on its Pacific border.
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Definition
Paleomagnetism is the study of the Earth’s ancient mag-
netic field, based on the measurement and analysis of the
remanent (i.e., permanent) magnetization acquired by
rocks during their formation.
Introduction
Paleomagnetism provides data that are useful in the inter-
pretation of geologic processes. For paleomagnetic results
to be reliable for this purpose, several important condi-
tions must be fulfilled. First, a rock under investigation
must be able to record accurately the direction and inten-
sity of the weak geomagnetic field during its formation
or later alteration. This requires an understanding of the
magnetic properties of rocks and minerals. Second, the
age of the formation of the rock or its subsequent alteration
must be well known. Field tests based on the local and
regional geology of a sampling site are valuable in this
respect. Third, the remanent magnetization of the rock
must possess outstanding stability in order to be able to
persist unchanged for geologic eons.
The geocentric axial dipole
The Earth’s present magnetic field has been measured and
analyzed systematically since Gauss and Weber
established the first global network of geomagnetic obser-
vatories in 1838. The advent of Earth-orbiting satellites
carrying magnetometers has resulted in a vast increase in
high quality magnetic data and an improvement of the
global coverage. Spherical harmonic analysis of the data
shows that more than 99% of the magnetic field measured
at the surface of the Earth originates inside the Earth. The
potential Wi of the field of internal origin is given by

Wi ¼ R
XN
n¼1

Xn
m¼0

R
r

� �nþ1

gmn cosmfþ hmn sinmf
� �

Pm
n cos yð Þ

The optimum values of the Gauss coefficients gm and
n
hmn are revised every 5 years and define the International
Geomagnetic Reference Field (IGRF). In principle, the
summation consists of an infinite number of terms, but
in practice it is truncated at a particular degree n = N deter-
mined by the quality of the data. The recent field model
IGRF-11 is defined up to N = 13 and contains 195 coeffi-
cients. The most important part of the magnetic field is the
dipole component, which corresponds to the terms with
n = 1. All terms with n� 2 in the spherical harmonic anal-
ysis are labeled collectively as the non-dipole field.
The term g01 is the strongest component of the field, and
describes a magnetic dipole located at the center of the
Earth and aligned with the rotation axis; the coefficients
g11 and h

1
1 correspond to orthogonal equatorial dipole com-

ponents. Together, the three terms with n = 1 describe
a geocentric dipole whose axis is inclined to the rotation
axis. At present, the axial tilt is about 11�, and the geomag-
netic pole does not coincide with the geographic pole.
A compass needle aligns with the horizontal component
of the magnetic field – the magnetic meridian – and not
with the geographic meridian; the angular deviation is
the declination (D), which varies from place to place on
the Earth’s surface.

The basic premise of paleomagnetism is the geocentric
axial dipole (GAD) hypothesis. This hypothesis postulates
that the equatorial dipole components and the non-dipole
field average to zero when averaged over sufficiently long
intervals of time, leaving only the GAD component as the
paleomagnetic record. Consequently, the magnetic pole
position calculated in a paleomagnetic investigation
defines the location of the paleogeographic axis. Discrep-
ancies from the present axis are interpreted in geologic
terms. The inclination (I) of the magnetic field is the angle
that a magnetic field line makes with the horizontal at
Earth’s surface. For a GAD field this angle is related to
the latitude l of the observation site by the equation

tan I ¼ 2 tan l ¼ 2 cot p (1)

In this equation p = (90� – l) is the colatitude of the

observation site, i.e., the angular distance of the magnetic
pole from the site.

The dipole and non-dipole fields change slowly with
time, a characteristic known as secular variation. Time-
dependent changes of the Gauss coefficients are observed
in repeated analyses of the recent field. Secular variations
affect both the direction and the intensity of the field. For
example, the geomagnetic field has decayed by about 5%
per century since direct measurements began about
160 years ago. It has been possible to reconstruct the
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changing strength of the axial dipole from the magnetic
observations of mariners since the late sixteenth century;
these document a slower, perhaps indeterminate change
prior to 1840 (Gubbins et al., 2006).

On a longer timescale, fluctuations in magnetization
direction and intensity that are not due to mineralogical
variations have been documented in paleomagnetic
analyses of sedimentary records. The changes take place
over centuries and millennia and are called paleosecular
variations to distinguish them from changes in the present
and historic field. The fluctuations are evident in intensity
and direction of the magnetization. For example, oscilla-
tions in both inclination and declination measured in cores
of sediments from British lakes could be correlated from
lake to lake. The sediments were dated using radiocarbon
and palynological age determinations. This allowed
construction of a master curve of paleosecular variation
in Britain for the past 10,000 years (Figure 1).

For the GAD hypothesis to be valid, the paleosecular
variations need to average to zero over a few tens of thou-
sands of years, leaving the inclination and declination of
the GAD field as the paleomagnetic record. A test of the
GAD hypothesis in marine sediments deposited in the last
2.5 Myr compares the measured inclinations with values
predicted by Equation 1. The mean inclinations do indeed
closely agree with the values expected for a GAD field
(Figure 2). However, the agreement is not perfect, and in
fact the optimum fit of a theoretical curve to the data is
obtained when small geocentric axial quadrupole (g02)
and octupole (g03) components are included, each equiva-
lent to a few percent of the dipole. The magnetohydrody-
namic theory of the origin of the geomagnetic field gives
no rigorous theoretical justification for the GAD hypothe-
sis or explanation of possible persistent zonal quadrupole
and octupole components. However, experimental tests
of the hypothesis indicate that it is a good first-order model
for the time-averaged geomagnetic field.
Rock magnetism
Ferromagnetism is the type of magnetic behavior found in
iron and similar metals. It is characterized by a Curie
temperature, above which the ferromagnetism disappears.
Ferromagnetic metals are strongly magnetic. They have
properties such as magnetic hysteresis, saturation mag-
netization, and remanent magnetization. The important
rock-forming minerals exhibit diamagnetism or paramag-
netism, which are very weak forms of magnetism that do
not show magnetic hysteresis. Because they cannot
acquire a remanent magnetization, they play no part in
paleomagnetism. A few minerals, consisting of iron
oxides and sulfides, are classified as ferrimagnetic, which
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is a form of ferromagnetic behavior associated with
a crystal structure. Ferrimagnetic minerals are able to
acquire a remanent magnetization. Although they occur
in tiny concentrations in rocks (e.g., less than 0.01% in
some sediments), the paleomagnetic properties of a rock
are due to their presence.

The most common ferrimagnetic minerals are members
of the titanomagnetite and titanohematite solid solution
series, whose end-members are magnetite and hematite,
respectively. Magnetite is usually, but not always,
a primary magnetic mineral coeval with the origin of igne-
ous rocks or predating the deposition of sediments. Hema-
tite, pyrrhotite, and greigite are other important magnetic
minerals, but they originate in the rock after its formation,
so the timing of their magnetization can be dubious.

The magnetization of a rock is due to the partial align-
ment of the magnetic moments of its constituent grains.
Within any particular grain the magnetic moment has
a direction, conventionally called the “easy” direction of
magnetization, which is determined by the magnetic
anisotropy of the grain. This, in turn, depends on the
intrinsic magnetic properties of the magnetic mineral.
For example, magnetite has a cubic structure and
a comparatively strong spontaneous magnetization
(Ms = 4.8 � 105 A m–1), so a grain’s shape dominates
the anisotropy; the magnetic moment favors the direction
of the longest axis of the grain. In contrast, hematite has
a rhombohedral structure and a weak spontaneous magne-
tization (Ms �2.5 � 103 A m–1). It has a strong
magnetocrystalline anisotropy related to the crystal struc-
ture that causes the magnetic moment to lie in the basal
plane of the crystal at room temperature.

In very fine grains of ferrimagnetic minerals, the aniso-
tropic magnetic energy of the grain constrains the sponta-
neous magnetization direction to lie along an easy
direction, and the entire grain is uniformly magnetized as
a single domain. The high spontaneous magnetization of
magnetite creates anisotropic magnetostatic energy related
to the particle shape. The theoretical range of single
domain sizes in magnetite is narrow, from about 0.03–
0.1 mm in equant grains and up to about 1 mm in elongate
grains. In contrast, hematite has a large magnetocrystalline
anisotropy energy and single domain grain sizes may
extend up to 15 mm. The magnetization of a single domain
particle is very stable, because to change it requires rotat-
ing the entire uniform spontaneous magnetization of the
grain against the grain anisotropy, which demands
a strong magnetic field. The magnetic field needed to
reverse the direction of magnetization of a single domain
grain is its coercivity Bc. In magnetite, this field is com-
monly in the range 10–100 mT, but may be up to 0.3 T
in acicular grains. The magnetic properties of hematite
are variable and its maximum coercivity can exceed 2 T.
Because of their stable remanent magnetizations, single
domain particles play a very important role in
paleomagnetism.

When the grain size of a magnetic mineral exceeds
a critical value, the magnetostatic energy of the grain
becomes too large for the grain to exist as a single domain
and the magnetization subdivides into oppositely directed
domains.Multidomain magnetizations can be changed by
merely moving the wall between adjacent domains, so are
less stable against change than single domains. As a result,
coarse-grained rocks are often unsuitable for paleomagne-
tism. Laboratory methods have been developed to identify
the magnetic minerals in a rock, and to evaluate whether
the grain size is single domain, multidomain, or intermedi-
ate (the latter category being termed pseudo-single
domain).

The magnetic moment of each grain in a rock aligns
with a magnetizing field as closely as permitted by the
magnetic anisotropy of the grain. Thermal energy acts to
destroy the partial alignment of magnetic moments. As
a result, a magnetization that originally has the value M0
decays exponentially with time, so that after time t the
remaining magnetization Mr is given by

Mr ¼ M0 expð�t tÞ=

The rate of decay is governed by the relaxation time t,

which is a function of the magnetic properties of the grain
and the temperature T. For single domain grains of
magnetite

t ¼ 1
f
exp

VBcMs

2kT

� �
(2)

Here f is a frequency factor (�109 s–1) related to the

vibrational frequency of the crystal lattice; V is the volume
of the grain, Bc its microscopic coercivity, andMs its spon-
taneous magnetization; and k is Boltzmann’s constant.
A single domain grain of magnetite, 30 nm in diameter,
has a relaxation time of about 109 year at 20�C. Other
ferrimagnetic minerals can also possess this extraordinary
stability against thermal decay. It allows a rock to retain
the remanent magnetization it acquired during rock forma-
tion for very long intervals of geologic time. The relaxa-
tion time of the magnetization decreases with increasing
temperature and with decreasing grain size. Thus, heating
during tectonic deformation, or a change of grain size or
mineral chemistry as a result of weathering, can modify
or destroy a primary remanent magnetization.
Remanent magnetizations
The development of paleomagnetism as a scientific disci-
pline was made possible by the invention in the early
1950s of the astatic magnetometer, a device that was
sensitive enough to measure accurately the weak magneti-
zations of rocks. The instruments commonly used in mod-
ern paleomagnetic laboratories are spinner magnetometers
and cryogenic magnetometers, which are even more sensi-
tive and are able to measure rock samples much faster. As
a result of the low concentrations of ferrimagnetic min-
erals, rocks have very weak remanent magnetizations,
measuring typically �10–1 A m–1 for a basaltic lava and
�10�3 A m–1 for a pelagic limestone. The intensity of
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a remanent magnetization also reflects the mechanism by
which the rock becomes magnetized in the Earth’s
magnetic field.

When an igneous rock forms, its temperature is initially
well above the Curie temperature of ferrimagnetic
minerals (e.g., 580�C in magnetite, 675�C in hematite).
The magnetic behavior is paramagnetic, incapable of
retaining a magnetization. As it cools below the Curie
point, the magnetite or hematite becomes ferrimagnetic.
At high temperature, the relaxation time is short and the
magnetic behavior is classified as superparamagnetic.
With further cooling, the relaxation time increases rapidly,
and a few tens of degrees below the Curie point a blocking
temperature is reached, at which the relaxation time is so
large that the magnetization becomes blocked by the
anisotropy of the grain. If this ensues in a magnetic field,
the ferrimagnetic grains acquire a thermoremanent mag-
netization (TRM) in the direction of the field. Equation 2
controls this process and ensures that the TRM has
a high stability. On the other hand, if subsequent chemical
alteration of the grain occurs, the grain volume Vor spon-
taneous magnetization Ms may alter, which, again
according to Equation 2, can give rise to a new, stable
chemical remanent magnetization (CRM). This is usually
an undesirable secondary component.

Sedimentary rocks are deposited slowly and can often
be excellent archives of the ancient magnetic field.
Magnetite grains form a tiny fraction of a sediment (e.g.,
less than 0.01% of a limestone) and are aligned partially
by the magnetic field in which they settle, forming
a depositional remanent magnetization (DRM). In some
very fine-grained sediments, further magnetite alignment
takes place in the waterlogged pore spaces between the
nonmagnetic matrix minerals. The sedimentation rate of
pelagic marine sediments is so slow that paleosecular
variations are in principle averaged out within the size of
a standard 1-in. paleomagnetic sample. However, in lake
sediments the sedimentation rate is much higher and it is
possible to study both secular variation (Figure 1) and
paleoclimatic effects in these sediments. Shallow-water
marine limestones also have a relatively high deposition
rate, but the detrital and biogenic fractions that supply
the magnetite are diluted in these limestones and they tend
to have weak and unstable remanent magnetizations.

In addition to the remanent magnetizations acquired in
a geological process, synthetic remanent magnetizations
may be imparted to rock samples in the laboratory for
the purpose of identifying and describing the carrier of
a paleomagnetic signal. If a sample is placed in
a magnetic field, the magnetic grains with coercivity less
than the field are realigned; when the field is removed,
an isothermal remanent magnetization (IRM) is left in
the sample. If the field is strong enough to magnetically
saturate the sample, a saturation IRM ensues. Another,
important laboratory magnetization is produced by plac-
ing a sample in an alternating magnetic field in the
presence of a constant bias field. When the alternating
field is reduced to zero, an anhysteretic remanent
magnetization (ARM) is produced in the sample. Both
IRM and ARM can be used in various ways to gain infor-
mation about the magnetic mineral and its grain size.

In a paleomagnetic study, special laboratory techniques
are used to isolate the components of magnetization pre-
sent in the rock and to identify the primary component.
This is the remanent magnetization acquired during for-
mation of the rock. The remanent magnetization of
a rock in situ is called its natural remanent magnetization
(NRM). It may contain a primary component of geologi-
cal significance, but this can be accompanied by second-
ary components of later origin. These components can
arise from geological processes, but some may also be
induced during sampling. The secondary components
can partially – in extreme cases, completely – overprint
the primary component and must be understood for the
paleomagnetic analysis to have geological significance.
By progressively demagnetizing the samples, the structure
of the NRM can be analyzed and stable components
isolated. There are two main methods of achieving this.
When a rock sample is placed in an alternating magnetic
field (AF), the magnetizations of all domains with coer-
civity less than the peak AF field are randomized. If the
peak field is slowly reduced to zero and the equipment is
in a space shielded from the Earth’s field, this part of the
rock magnetization is demagnetized. The part that remains
has been “magnetically cleaned.” If the procedure is
carried out in progressively increasing peak fields, the
NRM decay shows the components present. Similarly,
when a rock sample is heated to a given temperature T,
components that have lower blocking temperatures than
T are thermally randomized. If the sample is then cooled
in field-free space, this part of the NRM remains
demagnetized. The progressive destruction of the NRM
byAF or thermal demagnetization reveals the components
present in the NRM. The stable primary component is
identified computationally by principal component analy-
sis of the directions during magnetic cleaning
(Kirschvink, 1980) and graphically using vector diagrams
(Zijderveld, 1967).

For paleomagnetic results to be a valid record of the
ancient magnetic field, it is important to know that the
remanent magnetization has the same age as the rock, so
identification of the magnetic mineral is important. How-
ever, this is not a sufficient criterion and field tests play
a crucial role in establishing whether a magnetization
component is primary or secondary. The most important
are the structural fold test and the magnetic reversals test;
less common, but also useful, are the conglomerate test
and baked contact test.

The principles underlying the fold and conglomerate
tests are illustrated in Figure 3. Layers A and B are folded
rocks, and layer C is a conglomerate layer of large cobbles.
The conglomerate test examines whether the cobble
magnetizations have random directions, which would
indicate that the magnetization of the parent formation
from which the cobbles derive is stable. The fold test
examines the direction of magnetization around a fold.
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Paleomagnetism, Principles, Figure 3 The fold and
conglomerate tests of the paleomagnetic stability of
magnetization directions. The cobbles in the conglomerate
(layer C) have random directions of magnetization, which
indicates these are stable. The directions are also stable in layer
A, changing around the fold, but in layer B their uniformity
indicates they have been remagnetized after folding. (After
Lowrie, 2007.)
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If the magnetization of a formation is stable, as in layer A,
its direction will change from site to site around the fold; if
it is unstable, as in layer B, all sites in the layer will have
a common magnetization direction.

If a sedimentary formation is deposited over a long time
interval, or if a collection of similarly aged igneous rocks
covers enough time so that both normal and reversed inter-
vals of geomagnetic polarity are represented, the reversals
testmay be applied. If secular variation is adequately aver-
aged out, the reversed directions should be antipodal to the
normal directions, as in Figure 4. The baked contact test is
applied to igneous flows and intrusions. The heat of a lava
dike can remagnetize the contact zone of a rock it intrudes,
or on which it flows. If the paleomagnetic directions in the
baked contact zone agree with those of the lava and differ
from the rest of the host rock, the lava has a primary
magnetic direction. In each of these tests, rigorous statisti-
cal methods are used to decide the significance of the
magnetization directions.
Statistical testing of paleomagnetic data
Paleomagnetic studies are based on a hierarchical sam-
pling system. A comparatively small number of samples,
n, is taken at each of N sampling sites in the geological
formation of interest; N and n are each commonly around
10–20. Statistical tests are carried out on the measured
data at each hierarchical level. Testing the significance of
the results is based on a method developed by Fisher
(1953) that represents the paleomagnetic directions as unit
vectors. These can be visualized as a distribution of points
on a sphere, represented by a stereographic plot. The vec-
tor mean of the unit vectors is the best estimate of the pop-
ulation mean direction. Fisher suggested that the
probability density P of the deviations y between the
individual sample directions and their mean direction is
given by
P y; kð Þ ¼ k
4p sinh k

exp k cos yð Þ

The “precision parameter” k describes the dispersion of

the points. If k = 0, the directions are uniformly or ran-
domly distributed; if k is large, the points cluster tightly
about their mean direction. The best estimate of k is k,
defined as

k ¼ N � 1
N � R

in whichR is the vector sum of theN unit vectors. In paleo-
magnetism the level of 95% confidence is used to define
a circle with radius a95 around the estimated mean direc-
tion; there is a 95% probability that the true mean of the
distribution lies within this circle. An approximate for-
mula (McElhinny and McFadden, 2000) for the radius of
the circle of confidence, especially appropriate for the
small numbers of samples or sites in a paleomagnetic
study, is

a95 ¼ 140ffiffiffiffiffi
kR

p

The statistical definition of a confidence circle around

the mean direction allows comparison of a paleomagnetic
result with other data of the same age and from the same
region. It allows critical evaluation of the directions before
and after tectonic corrections (the fold test), as well as the
equivalence of antipodal directions in a reversals test.
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Statistical analysis lends credence to the results and is an
important aspect of all paleomagnetic investigations. The
statistical methods can be applied to paleomagnetic
directions, and also to distributions of paleomagnetic pole
positions.

Virtual geomagnetic poles and apparent polar
wander paths
Assuming the GAD hypothesis, the location of the mag-
netic pole at the time of formation of a given rock forma-
tion is coincident with the geographic pole. As a result
of subsequent plate tectonic motions, the location of the
paleomagnetic pole becomes displaced and rotated. When
the magnetizations of the rocks are measured, they appear
to have been magnetized by a pole at the displaced loca-
tion, which is accordingly designated the virtual geomag-
netic pole (VGP). The principle of locating a VGP from
the measured declination and inclination of the stable
component of remanent magnetization in a rock is illus-
trated in Figure 5. First, the inclination is used to calculate
the angular distance p to the magnetic pole, employing
Equation 1. This defines a circle with radius p centered
on the sampling site; it is the locus of possible pole loca-
tions. The VGP is located at the intersection of this
Circle
radius p, on
surface of

sphere
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Paleomagnetism, Principles, Figure 5 Method for locating the
virtual geomagnetic pole in a paleomagnetic study. The
distance p to the pole is computed from the paleomagnetic
inclination I; the virtual geomagnetic pole (VGP) is located at the
intersection of the circle with radius p and the great circle with
declination D.
circle and the great circle defined by the declination;
a magnetic pole at this location gives the measured incli-
nation and declination at the sampling site.

The VGP positions of samples from geologically young
rocks cluster near to the geographic pole, corresponding to
the GAD hypothesis. Older rocks from the same continent
give VGP positions that group well away from the present
rotation axis. They plot systematically along a curved
path, called an apparent polar wander (APW) path, which
appears to trace the motion of the paleomagnetic pole
relative to that continent. However, a different APW path
is defined by the paleomagnetic data for each continent.
Assuming the GAD hypothesis, the paleomagnetic pole
at any time lies on the rotation axis. The Earth has only
one rotation axis, so it follows that each APW path is
a record of the motion of its continent relative to the rota-
tion axis. The APW paths for different continents diverge
because the continents have been displaced relative to
each other. This motion of the continents was originally
called “continental drift” and is the result of plate
tectonics.

The use of paleomagnetic data for tracing continental
movements is illustrated by comparing the APW paths
for Europe and North America prior to the Jurassic. Their
shapes are similar (Figure 6a), particularly for the Upper
Carboniferous (Cu) to the Upper Triassic (Tru). The rela-
tive motion of plates on the surface of the spherical Earth
is equivalent to a relative rotation about an Euler pole of
rotation. The APW path of a continent is constrained to
move with the continent. The Cu-Tru segments of the
two APW paths can be made to overlap by a clockwise
rotation of Europe through 38� (Figure 6b) about an Euler
pole close to the present-day geographical pole
(Figure 6a). Later segments of the APW paths diverge,
indicating relative motion between Europe and North
America since the Early Jurassic.

Continental reconstruction based on paleomagnetic
data requires that the APW paths are securely defined. In
order to ensure this, stringent selection criteria have been
developed to ensure that the paleomagnetic data accepted
for incorporation into the reference database are of
satisfactory quality (Table 1).
Magnetic polarity reversals
The geomagnetic field has reversed polarity numerous
times, apparently spontaneously and randomly. The
record of polarity reversals has been studied in detail in
igneous and sedimentary rocks, and in sediments. Begin-
ning in the 1950s, systematic studies of paleomagnetic
direction were made in radiometrically dated lavas for
the most recent 5 Myr of Earth history. The polarity
sequence was confirmed by investigations in slowly
deposited marine sediments covering the same time inter-
val, which established that the reversals are a geomagnetic
phenomenon and not merely a rock magnetic artifact.

Intervals of constant normal or reverse polarity are
called polarity chrons; they last typically for 105–106 year.
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Paleomagnetism, Principles, Table 1 Reliability criteria for
paleomagnetic data. Van der Voo (1990b) suggested that
acceptable paleomagnetic data should meet at least three of
the following criteria

No. Brief description of reliability criterion

1 Well-determined rock age and a presumption that the
magnetization has the same age.

2 Sufficient number of samples (N � 24), adequate precision
of directional grouping (k � 10), and confidence angle
a95 	 16�.

3 Progressive demagnetization that demonstrably includes
vector subtraction information.

4 Field tests that constrain the age of magnetization.
5 Structural control and tectonic coherence with the craton or

block involved.
6 The presence of reversals.
7 No resemblance to paleomagnetic poles of younger age (by

more than a period).
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The chrons may be interrupted at irregular intervals by
polarity subchrons that last on the order of 104–105 year.
The transition from one polarity to the opposite one is esti-
mated to take about 3–10 kyr, which is much shorter than
a polarity chron or subchron. The polarity transition is
accompanied by a decrease in intensity of the paleofield,
which may last up to twice as long as the directional
change. The polarity record also shows occasional large
excursions, in which the magnetic pole spends
103–104 year in equatorial latitudes, but instead of
completing a reversal it returns to its initial location on
the rotation axis.

The irregular pattern of polarity intervals provides
a kind of geological fingerprint, which can be used to date
and correlate other magnetic polarity sequences in both
igneous and sedimentary rocks, and sediments. The most
important application has been the interpretation and dat-
ing of marine magnetic anomalies. New oceanic litho-
sphere forms at oceanic ridge systems and is then
transported away from the ridges by the seafloor spreading
process. As the basaltic lava of the ocean crust cools, it
acquires a TRM parallel to the Earth’s magnetic field. Sea-
floor spreading persists for millions of years at a ridge,
during which the magnetic field changes polarity many
times. This leaves some blocks of oceanic crust normally
magnetized parallel to the field while their neighbors are
reversely magnetized. A sequence of positive and nega-
tive magnetic anomalies, corresponding to normal and
reverse polarities of the oceanic crust, is observed over
the ridges, from which the sequence of polarity of the
Earth’s magnetic field is obtained. The oceanic polarity
pattern correlates with the polarity sequence in lavas that
have been dated radiometrically, thus the ages of magne-
tized blocks of the ocean floor can be determined.
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Knowing the distances of the polarity changes from the
oceanic ridge, the rate of seafloor spreading can be
calculated.

Older reversal patterns have been dated by magneto-
stratigraphy. This entails stratigraphic sampling of a
sedimentary section characterized by a uniform lithology
and deposited at a uniform rate. Standard paleomagnetic
techniques are used to evaluate the paleomagnetic direction
of each sample and establish the existence ofmagnetozones
of constant polarity. As is the casewith paleomagnetic data,
strict reliability criteria regulate the acceptance of a mag-
netic stratigraphy into a global database (Table 2).

An example of coordinated magnetostratigraphy and
biostratigraphy that correlates well with marine magnetic
reversal history is shown in Figure 7. The Scaglia cinerea,
a marly limestone in Umbria, Italy, was deposited in the
Late Paleogene and acquired a DRM that preserves the
direction and polarity reversals of the geomagnetic field
during deposition. Paleontological dating of the lime-
stones enabled correlation of major stage boundaries with
the polarity sequence. The absolute ages of many stage
boundaries are known independently, so the reversal pat-
tern could be dated. Correlation with marine magnetic
anomalies allowed the corresponding regions of the oce-
anic crust to be dated. The polarity sequence correlates
well with the history of geomagnetic polarity derived from
marine magnetic anomalies for chrons numbered 6C to 16
(Cande and Kent, 1992).

Magnetic polarity stratigraphy has served in this way to
correlate and date the oceanic magnetic record in many
paleomagnetic sections, on land and in cores from the
ocean bottom. The ages of key parts of the geomagnetic
polarity record have thus been determined at many
Paleomagnetism, Principles, Table 2 Reliability criteria for
magnetostratigraphy. Opdyke and Channell (1996) proposed
that an acceptable magnetostratigraphic section should pass at
least five of the following ten tests

No. Brief description of reliability criterion

1 Stratigraphic age known to the level of the stage, and
associated paleontology presented adequately.

2 Sampling localities placed in a measured stratigraphic section.
3 Complete thermal or alternating field demagnetization

performed, and analysis of magnetization components
carried out using orthogonal vector projections.

4 Stable paleomagnetic directions determined from principal
component analysis.

5 Data published completely as plots of VGP latitudes and/or of
declination and inclination against stratigraphic position.
The statistical parameters should be fully documented.

6 Magnetic mineralogy determined.
7 Field tests to constrain the age of magnetization undertaken

where possible.
8 A positive reversals test should be carried out.
9 Radiometric ages, especially 40A/39Ar or U-Pb ages from

volcanic ashes or bentonites, available in the stratigraphic
section.

10 Multiple overlapping sections confirm the polarity sequence.
correlation levels. The ages of magnetic reversals between
dated tie-points can be computed by interpolation or
extrapolation. The dated polarity sequence is called
a geomagnetic polarity timescale (GPTS).

The record of geomagnetic polarity is well established
from the present back to the Late Jurassic (Oxfordian),
equivalent to the last 160 Myr of geological time. Three
distinct episodes of reversal behavior are identified in this
time interval. The oldest episode, comprising frequent
reversals in the Late Jurassic and Early Cretaceous, is
referred to as the M-sequence. The youngest episode,
comprising the Late Cretaceous and Cenozoic, consists
of frequent reversals known as the C-sequence. The
M-sequence and C-sequence are separated by an interval,
38 Ma in length, called the Cretaceous Normal Polarity
Superchron (CNPS), in which correlated magnetic anom-
alies are absent; evidently the Earth’s magnetic field did
not reverse polarity during this time. The episodes of
275
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Paleomagnetism, Principles, Figure 7 Declination and
inclination profiles in the Late Paleogene Scaglia cinerea
formation, whose directions are shown in Figure 4, correlated to
the history of geomagnetic polarity derived from marine
magnetic anomalies for chrons numbered 6C to 16.
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reversing behavior are long enough to make tentative
interpretations about the reversal process. It is evident
from the patterns of reversals that they do not occur cycli-
cally. Making allowance for the time spent in transition
between opposite polarity states, statistical analysis indi-
cates that the reversals in the C- and M-sequences occur
randomly. There is as yet no convincing evidence to refute
identification of the CNPS as an uninterrupted period of
constant normal polarity. There are competing interpreta-
tions of its origin. Whereas some investigators consider
that the CNPS represents a special behavior of the
geodynamo, others regard it as an exceptionally long fea-
ture in a continuous reversal process.

The breakup of Pangea and the onset of seafloor spread-
ing date from the Early Jurassic, for which magnetostra-
tigraphic confirmation of the marine polarity record is
fragmentary. For earlier eras there is no marine polarity
record towhich ameasuredmagnetostratigraphy can be cor-
related. Consequently, despite many magnetostratigraphic
investigations in ancient rocks, there is no consistent dated
polarity record older than Late Triassic. To establish
a GPTS for earlier times will require verifying the same
polarity sequence in multiple overlapping sections. This
presents a large but important task for paleomagnetists and
biostratigraphers.
Environmental magnetism
In recent years, knowledge of the magnetic properties of
minerals, the grain-size dependence of parameters of mag-
netic hysteresis, and the use of magnetic stratigraphy have
been combined in applications to a wide range of environ-
mental problems. For example, regional environmental
pollution by heavy industry and traffic has been investi-
gated by using ferromagnetic properties to trace heavy
metal contamination. However, most environmental stud-
ies have beenmade in sedimentary archives. The magnetic
susceptibility of a sediment reflects both the concentration
and type of the magnetic minerals, whereas variations in
grain size may be revealed in the stratigraphic variations
of magnetic coercivity and remanent magnetizations pro-
duced in the laboratory. The proportion of an IRM carried
by grains with coercivity above a certain value (the
so-called S-ratio) can be an indicator of the relative size
of the fine-grain fraction of the ferromagnetic grains. Lake
sediments and wind-blown loess deposits have compara-
tively high deposition rates. Detailed evaluation of the
magnetic signal in these sedimentary archives can reveal
variations in environmental conditions during deposition.
The magnetic properties of Chinese loess deposits illus-
trate the way in which magnetic parameters can act as
proxy for paleoclimatic indicators.
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The boundary between the Brunhes and Matuyama
polarity chrons (age 780 ka), and the upper and lower
boundaries of the Jaramillo normal polarity subchron
(990 and 1,070 ka, respectively), tie the loess section at
Sanmenxia, China, to deep-sea sediments cored at Ocean
Drilling Program (ODP) Site 694 (Figure 8). The wind-
blown loess sediments in central China were deposited
in cold climatic conditions. Paleosols formed under
warmer, moister conditions were conducive to enhance-
ment of the magnetic susceptibility. Alternations of loess
deposits and paleosols are accompanied by fluctuations
in magnetic susceptibility, with low values marking the
loess and higher values in the paleosols. Oxygen-isotope
results at the ODP site reveal cycles of climatic variation,
which correlate well with the magnetic susceptibility and
S-ratio data from the Sanmenxia section. The results
demonstrate the usefulness of magnetic mineralogy
parameters as proxies for isotopic data that document
paleoclimatic variation.

Summary
Apart from isolated but important pioneering studies, in
which the characteristics of the geomagnetic field and
the rudiments of rock magnetism were explored, paleo-
magnetism originated as a scientific discipline in the
1950s. As a result of the continuous development and
refinement of instrumentation and analytic techniques, it
has made many notable contributions to geological
knowledge. Initially it focused on the tectonic problem
of “continental drift” and by developing apparent polar
wander paths for the different continents it documented
incontrovertibly the mobility of the continents. Matching
of APW paths led to the reconstruction of supercontinents
such as Rodinia, Pangea, and Gondwana. In parallel to
this work, paleomagnetic analysis in conjunction with
geological dating worked out the history of geomagnetic
reversals. On the basis of the established reversal history
and the rock magnetic properties of oceanic basalts, the
hypothesis of seafloor spreading was developed. This
development provided the key to the mechanism of plate
tectonics and allowed the documentation and dating of
plate motions, and explained how “continental drift” took
place. In turn, the pattern of magnetic reversals in the oce-
anic crust along with magnetostratigraphy established
a dated sequence of geomagnetic polarity history for the
past 160 Ma. The methods of paleomagnetism and rock
magnetism have found wider application in addressing
environmental problems and in contributing to an under-
standing of paleoclimatic history.
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Synonyms
Earthquake archaeology; Earthquake geology

Definition
Paleoseismology. An interdisciplinary field dealing with
prehistoric or pre-instrumental earthquakes, in particular,
their location, timing, and magnitude.

Paleoseismology
Introduction
Modern instrumental records of earthquakes cover only
a little more than a century since 1890s (see Seismic
Instrumentation). Historic accounts in several countries
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such as China, Japan, and Mediterranean regions allow us
to extend the records of large earthquakes up to more than
a couple of thousand years. However, for most parts of
the globe, no earthquake data are available for the time
periods of even the past hundreds to thousands of years that
are comparable to repeat time of large earthquakes on
a fault. Nevertheless, geologic sedimentary strata and geo-
morphic features preserve evidences for strong shaking,
ground breaks, and landscape changes associated with
large earthquakes. Although geologic and geomorphic
records are incomplete and poorly constrained in time and
space, they greatly help to understand faulting process
and recurrence of earthquakes that are unavailable to seis-
mologists due to the brevity of historic documents.We have
defined this discipline as “paleoseismology” and such indi-
vidual earthquakes are referred to as “paleoearthquakes.”

Paleoseismology is not a subbranch of seismology, but
rather it is an interdisciplinary field of research, which
borrows many concepts from structural geology and
active tectonics. Methodology and techniques in
paleoseismology are derived primarily from Quaternary
geology and related disciplines such as geomorphology,
soil mechanics, sedimentology, archaeology, paleoecol-
ogy, photogrammetry, radioisotope dating or pedology
(Grant, 2007; McCalpin, 2009).

The history of paleoseismology is as short as that of
instrumental seismology. Although several pioneer geolo-
gists described surface faulting accompanying earth-
quakes in the late 1800s, geology and seismology at that
time were separated (Yeats and Prentice, 1996). But
a few leading geologists, e.g., R. E. Wallace, C. R. Allen,
and D. B. Slemmons, who studied San Andreas fault and
active scarps in Nevada, and radiocarbon dating technique
pervasive since about 1960s–1970s, played prominent
roles in bridging the gulf between instrumental seismol-
ogy and geology (Yeats and Prentice, 1996). Since the
1970s, paleoseismic investigations have been yielding
information about the paleo-movements on faults, dates
of previous earthquakes, recurrence times, average slip
rate, and earthquake effects over time intervals ranging
from decades to thousands of years (Grant, 2002). Conse-
quently, numerous paleoseismic data (e.g., Sieh, 1978)
and fundamental concepts of recurrent large earthquakes
(e.g., Schwartz and Coppersmith, 1984) derived from
field observations have largely contributed to progress
in understanding the mechanics of earthquakes and
faulting.

Unlike many subbranches of geology, the uniqueness
of paleoseismology lies in its potential to decipher the
future from the past and present. The traditional geological
doctrine of “uniformitarianism,” which is used to recon-
struct the past events from phenomena observable in the
present, can be stretched to the future in paleoseismology
to perform seismic hazard estimates and earthquake fore-
casting. The final goal and major contribution of
paleoseismology is to not only understand long-term
faulting processes, but also to provide fundamental data
and speculations to mitigate seismic hazard.
Paleoseismic records
In seismology, estimation of earthquake magnitude
depends on the performance of seismometers and on net-
work coverage (see Seismological Networks; Statistical
Seismology). Geomorphic markers, surface soil, and
sediments are like poorly performing strong-motion
seismograms. If an earthquake is large and shallow
enough, the seismogenic faulting normally reaches the
Earth’s surface. For inland intraplate and interplate earth-
quakes occurring shallower than �20 km (“seismogenic
layer,” see entries on Thermal Storage and Transport
Properties of Rocks, I: Heat Capacity and Latent Heat
and Thermal Storage and Transport Properties of Rocks,
II: Thermal Conductivity and Diffusivity), M� 6 earth-
quakes may leave tectonic surface breaks and permanent
ground offsets (Wells and Coppersmith, 1994). The mini-
mum magnitude of a paleoearthquake we can identify in
strata and landscape is about M� 6 or higher (discussed
later). For offshore earthquakes, including subduction
associated mega-thrust events,M� 7.5 earthquakes leave
records of significant coastal uplift and subsidence (e.g.,
Berryman et al., 1989). However, the paleoseismic record
is spatially and temporally incomplete. Unlike instrumen-
tal seismology, recording processes by sedimentary layers
are intermittent, and erosion often destroys the evidence
for paleoearthquakes.
Fault identification and slip rate
Identifying an active fault is the first step for
paleoseismology. As described above, a large earthquake
often leaves surface breaks and warping with significant
offset when the faulting reaches the Earth’s surface.
Detailed excavation studies often reveal evidence for each
individual earthquake at an individual site. However, rec-
ognizing active traces relies on identification of geomor-
phic expression due to repetition of surface-faulting
earthquakes as “fault landforms” for which deformation
rate must be higher than local rates of erosion and
deposition. Although the definition of “active fault”
partly depends on the purposes (engineering or scientific)
and on the usage of the terminology in different
countries, it is usually identified by its association with
tectonically deformed Quaternary-age materials or sur-
faces and by its potential to cause a large earthquake in
near future.

To identify active faults and associated active land-
forms, aerial photographs and/or satellite images are
commonly used (“aerial photographic interpretation”).
High-resolution satellite images may be used to identify
faulted landforms, even finding coseismic surface rup-
tures, around the globe, particularly in hardly accessible
areas (e.g., Lin et al., 2006). The most frequently encoun-
tered feature is topographic lineaments. But lineaments
are often developed by a combination of constructive geo-
logic features and erosion. Therefore, other characteristics
associated with faulting such as triangular facets, fault
scarps, sag ponds, and bulges should be found along
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a fault lineament (Figure 1). Strike-slip faults accompany
offset streams, shutter ridges, beheaded streams, wind
gaps, and offset terrace risers. Multiple and systematic
fault landforms along a single trace increase the reliability
of its identification as an active fault trace. Most of such
traces tend to be roughly along geologic faults juxtaposing
different geologic units so that a traditional geologic
reconnaissance is also useful to constrain an active fault
zone. Fresh fault gouge (clay) and/or fault breccia are
often exposed on outcrop along geomorphic traces. Geo-
logic drilling and shallow coring are auxiliary approaches
to constrain the location of a fault trace and sometimes
help to estimate vertical offsets of stratigraphic units,
particularly much deeper than trench excavation (e.g.,
Dolan et al., 2003). Deeper geologic information down
to a few kilometers depth from industry oil wells provides
a larger picture of fault structure and associated folds (e.g.,
Tsutsumi and Yeats, 1999). Several other methods reveal
subsurface geologic structures for the areas having shal-
low water table and urban areas with limited open space.
For example, cone penetrometer testing (CPT) and large
diameter borings can be applied for these conditions
(Grant et al., 1997). The “Geoslicer” (Nakata and
Shimazaki, 1997), which consists of a sample tray and a
shutter plate, can be inserted into the ground by
a weighted vibrator to extract a sliced soil sample of
larger than a few meters dimension (Takada and Atwater,
2004). Geoslicer can directly sample a fault itself without
losing information of strike, dip, and geologic context of
the fault.
Spatial resolution and accuracy in aerial photographic
images are limited. Recently, airborne Light Detection
And Ranging (LiDAR) surveys, which measure bare
topography irradiating a laser beam from an airplane or
helicopter, have been widely used to image very detailed
fault-zone topography beneath dense vegetation cover
(e.g., Sherrod et al., 2004) and urbanized areas (e.g., Kondo
et al., 2008). These data are at the appropriate scale (meters)
and accuracy (decimeter) to provide useful measurements
of the fine features of fault landforms (Arrowsmith and
Zielke, 2009). Airborne Laser Swath Mapping (ALSM) is
also expected to find hidden active faults.

To locate an active fault trace and to confirm deformed
subsurface structure various geophysical imaging tech-
niques such as seismic reflection and refraction, ground-
penetrating radar (GPR), aeromagnetic surveys, and
gravity surveys are employed. The advantage of these
techniques is that these are nondestructive methods for
seeking deeper structures (Bond et al., 2007). High-
resolution seismic reflection surveys are most pervasive
to visualize shallow geologic structure associated with
details of fault activity, even to reveal blind fault and
fault-related fold (Figure 2).

These geomorphic, geologic, and geophysical explora-
tions for fault identification also provide information
about long-term slip rates. The slip rate on a fault, S, is
calculated by dividing cumulative displacement (D)
across the fault by time interval T (Figure 3),

S ¼ D=T : (1)
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To obtain S, we need to find “piercing lines” or “pierc-

ing points”which intersect a fault zone as a line or a point.
The piercing lines and points should be formed before the
subsequent faulting events occurred. Geomorpho-
logically, offset ridges, streams, and gullies become pierc-
ing lines, but more often well-reconstructed and dateable
terraces and terrace risers are employed as the best pierc-
ing lines to estimate slip rates (e.g., L-L’, M-M’, M1-
M1’ in Figure 1). If offsets increase with terrace ages,
the fault is considered to have been continuously active.
Offset bedrock geology is also used as piercing lines and
points to roughly estimate the very long-term slip rate.
Cultural features such as roads, fences, walls, buried pipes,
and rice paddy boundaries across a fault line are often used
to measure the amount of coseismic slip for very recent
earthquakes and historic events. In coastal and fluvial
areas, where uplifted terraces are commonly seen, the ver-
tical component of the slip rate S, is more easily obtained
than the lateral component. Such slip rate estimates are
used for classifying the fault activity (e.g., in Japan, class
A: order of m/1,000 years; class B: order of 0.1 m/1,000
years; class C: order of 0.01 m/1,000 years), which is an
important index for the estimation of the recurrence time
of major earthquakes or for future seismic activity
(Research Group for Active Faults of Japan, 1992).
Evidence for paleoearthquake
Paleoseismic evidence is either primary or secondary
(McCalpin, 2009). Primary evidence is formed by tectonic
deformation resulting from coseismic slip along a source
fault plane. Secondary evidence is produced by earthquake
shaking. Paleoseismic features are also distinguished
as being on or above fault trace (on-fault or near-field
features), or away from or far above a fault trace (off-fault
or far-field features) (McCalpin, 2009). Because off-fault
evidence for a paleoearthquake is mostly associated with
strong shaking, the problem with the off-fault evidence
is its difficulty in finding the corresponding seismic
source. Thus, the majority of paleoseismic studies focus
only on “on-fault” evidence.

Encountering a natural exposure of faulted young sedi-
ment is extremely rare. We thus excavate trenches across
a fault zone (sometimes parallel to the fault zone) to
expose faults and young strata that record evidence of
paleoearthquakes. The site for trenches is chosen based
on the fault location, land usage, sediments preservation,
paleoearthquake records, and abundant dating material.
The best trench site is considered as the one where:
(1) deformation zone is narrow, or fault strand is single
and representative of the entire fault zone; (2) frequent
but dilute sedimentation processes occur with numerous
dateable materials. The trench walls are not long-lived
exposures and mostly not reproducible so that detailed
observations and objective records by as many observers
as possible are required (Grant, 2007). A trench log, which
is a geologic sketch, is used for defining and mapping
sedimentary units and recording evidence for surface-
rupturing earthquakes, which we call an “event horizon.”

An event horizon is used as the ground surface at the
time of a paleoearthquake (Pantosti et al., 1993). The
event horizon may be preserved as scarp-derived colluvial
wedge deposits, unconformities that terminate faults, and
warping (Figure 4), each of which is defined as an “event
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indicator” (Scharer et al., 2007). It is most likely to con-
clude that surface rupture and significant deformation
such as folding and tilting along active traces are the direct
products of seismogenic faulting. There are various kinds
of evidences for paleoearthquakes which can be rated for
their reliability.

Upward fault termination: This is the most common
and easily identified event indicator in which faults and
faulted strata are overlain by a non-deformed horizon
(Figure 4a). But one tends to misinterpret an event hori-
zon in special situations where fault slip near the ground
surface tapers and dies out upward (Bonilla and
Lienkaemper, 1990). Thus the quality and confidence
level of this indicator depend on the amount of slip and
stratigraphic conditions between different exposures at
a site.
Fissure fills: Fissures and fissure fills are a sort of open
crack associated with faulting and younger material filled
during postseismic process (Figure 4b). They are com-
monly seen as a wide zone of alternating tension gashes
and compressional mole tracks immediately after a large
surface-rupturing earthquake due to strike-slip faulting.

Colluvial wedge: The colluvial wedge is formed on the
footwall side as a result of collapse of the fault scarp
exposed at the time of a scarp-forming earthquake
(Figure 4c and d). A trench wall across a fault normally
exposes a wedge-shaped section tapering toward or away
from the fault scarp, often showing upward-coarsening
structure, similar to talus deposition.When a bedrock fault
plane is exposed at the earthquake, the collapsed sequence
of gouge, breccia, and intact bedrock block are sequen-
tially observed in the wedge. When it occurs within the
loose sediments, scarp degradation is involved. Colluvial
wedges are not only seen along normal faults but also
along strike-slip and thrust faults.

Angular unconformity associated with tilted and folded
strata: An angular unconformity is produced by broad
deformation of subsurface sediments due to faulting and
subsequent erosion and sedimentation (Figure 4e and f ).
If a fault plane is simple and it is hard to find an upward
termination, angular unconformity would be a substitutive
criterion to identify an event horizon. But, except for sig-
nificant inclination of strata, horizontal sedimentation
must be guaranteed. Adhesive composition with clay and
silt often shows a veneer deposit along a slope, which
often mimics crustal deformation.

Minor cracks and faults associated with subtle defor-
mation: Where the amount of displacement is small, and/
or surface condition is dry, numerous minor cracks or ten-
sion fissures associated with deformation can be produced
(Figure 4g and h).

The deeper we expose stratigraphic units, the more
events and associated structures are likely to be exposed.
Since evidence associated with older events tends to be
destroyed and obscured by the most recent event, we
must restore the stratigraphy and structures prior to the
most recent event and then reinterpret the older events
to identify multiple paleoearthquakes at a site
(“Retrodeformation analysis,”McCalpin, 2009). It means
that reliability of the paleoearthquake tends to be reduced
when we go farther back in the past. To have higher
confidence for a paleoearthquake, multiple exposures of
a fault and/or significant deformation (event indicators)
in the same stratigraphic horizon should be confirmed at
a site (Scharer et al., 2007).
Time constraints of paleoearthquakes
Although there are several methods to directly determine
ages of fault activities from fault gouges (e.g., Fukuchi,
2001), timing of each paleoearthquake is commonly
constrained by ages of deformed stratigraphic units and
overlying undeformed strata, for which many dating
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approaches using different isotopes have been used (see
details in Grant, 2002 and references therein).

Among them, radiocarbon dating is the most powerful
and pervasive technique in paleoseismic studies. In this
technique, the time since the death of a plant or animal is
estimated by measuring the sample’s residual 14C content
relative to modern standards and the half-life decay con-
stant of 14C (5,568 years). The beta particle counting
method conventionally requires 2–200 g of carbon and
allows us to date back to �40,000 years before present
(yBP; actually years before 1950 AD). Meanwhile, newly
developed Accelerator Mass Spectrometry (AMS) dating
requires samples as small as a few milligrams and
extends the measurable date back to 50,000–60,000 yBP.
Since the ratio of 14C to 12C has varied with time due to
variations in number of cosmic rays associated with the
strength of the Earth’s magnetic shield, measured radio-
carbon age needs to be converted to calendar date. From
dendrochronological approaches with tree rings, glacial
varves, corals that annually record the amount of 14C in
the atmosphere, radiocarbon ages are calibrated to
corresponding calendar dates back to about 24,000 years
before present (Stuiver et al., 1998).

Such dendrochronological approaches to constrain
timing of a paleoearthquake have been commonly
employed since Jacoby (1989). Time constraint of
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a paleoearthquake requires at least two radiocarbon dates
that bracket an event horizon, in which probabilistic den-
sity is calculated from the calibrated dates of both samples.
To have better constraints for paleoearthquakes, there are
several calibration programs, one of which “OxCal”
(Bronk Ramsey, 2001; Lienkaemper and Bronk Ramsey,
2009) not only calibrates the radiocarbon ages to the cal-
endar years but also implements rigorous means of esti-
mating these event ages and their uncertainties using
Bayesian statistics.

As mentioned before, several countries have historical
accounts longer than a thousand years or more and thus
may cover more than a few seismic cycles of very active
faults. However, the longer we go back in the past, the
fewer and less reliable the historical accounts are. In addi-
tion, most of the historical earthquakes roughly control
isoseismal areas from documents of earthquake damage,
but not the specific source of each earthquake. Thus
a combination of such historical documents and
paleoseismic evidence with well-determined dates are
used to confirm the source fault for such historical earth-
quakes (e.g., Armijo et al., 2005).

Archaeoseismology reaches further back in the past to
reveal prehistoric earthquakes based on their effects on
man-made objects, usually buildings or other monuments
(Karcz and Kafri, 1978, see entry on Archaeoseismology).
The time range depends on history and archaeology in
each country. Historic accounts are often available and
tied with ruins due to devastating shaking, paleo-liquefac-
tions, and paleo-landslides (rock-slides) at archaeological
sites. The advantage of archaeoseismology is narrow time
constraints of earthquake occurrence by archaeological
and historical knowledge. Characteristic off-fault damage
types include horizontal shifting of large building blocks,
downward sliding of one or several blocks from masoned
arches, collapse of heavy, stably-built walls, chipping of
corners of building blocks, and aligned falling of walls
and columns (Marco, 2008). In some rare cases, faults
intersect with archaeological sites, which enables us to
measure sense and size of slip and constrain its occurrence
time. Several recent archaeoseismological studies in the
Eastern Mediterranean region in particular have been
unveiling the detailed slip history and rupture behavior
of the Dead Sea fault (e.g., Meghraoui et al., 2003), and
large earthquakes associated with mythology along the
Aegean Extensional province, Cyprus, and Hellenic Arcs
(e.g., Stiros, 2001).

Magnitude and frequency of paleoearthquakes
Like “uniformitarianism,” no paleoearthquakes can be
inferred without detailed knowledge of recent observed
earthquakes that left important clues between subsurface
seismic processes and surface deformation. Since
paleoseismology relies on paleo-surface information pre-
served in geology and landforms, seismic and geologic
data compilations of recent large shocks associated with
surface-ruptures, tilt, warping, and other earthquake-
related deformation are necessary.
As seismologists found simple self-similar scaling laws
for source faults, dimension and magnitude, surface rup-
tures compiled from worldwide data have similar scaling
relations (Wells and Coppersmith, 1994). For example,
the empirical relation between surface rupture length
(L in km) and magnitude (M ) is expressed as
M= 5.16 + 1.12 log L for strike-slip fault. For seismic haz-
ard assessment, such an empirical relation is increasingly
applied to estimate magnitude from the length of an iden-
tified fault trace. Similar empirical scaling relations are
found between coseismic surface displacement and mag-
nitude. For maximum displacement Dmax in meter,
M= 6.69 + 0.74 log Dmax. For average displacement, Dave
in meters, M= 6.93 + 0.82 log Dave. Besides fault length,
coseismic slip, either Dmax or Dave, is also increasingly
used to estimate the magnitude of a paleoearthquake.
There are two ways to have such coseismic slip from
paleoseismic data. One gives an indirect estimate from slip
rate (S) and average recurrence interval (Tr) of
paleoearthquakes along a fault as D= S� Tr. The other
provides direct measurement from vertical separation of
faulted strata on trench walls in particular for reverse faults
and three-dimensional reconstruction of lateral offset of
piercing points for strike-slip faults.

In terms of magnitude and frequency estimates for
an active fault, one of the greatest impacts of geology on
seismology is the “characteristic earthquake model”
(Schwartz and Coppersmith, 1984, see entry on Charac-
teristic Earthquakes and Seismic Gaps). This model illus-
trates the concept of the repetitions of similar size of large
earthquakes with a similar amount of slip, rupture length,
and magnitude along a fault. The model also emphasizes
that paleoseismic records from a fault suggest more fre-
quent occurrence of large earthquakes compared to the
ones extrapolated from the Gutenberg–Richter relation
of regional seismicity (Wesnousky, 1994). If only scanty
paleoseismic information on a fault is available, one sim-
ply uses the characteristic earthquake model to estimate
the size of earthquakes potentially caused by the fault.

If the characteristic earthquakes on a fault occur period-
ically or quasi-periodically with characteristic slip, we
would not have any difficulty to approximately forecast
the time and magnitude for the next large earthquake
(Figure 3a). However, as summarized below, most of the
recurrences of earthquakes are not periodic and may be
influenced by recent rupture history. Regarding the slip-
time relation at a site along a fault, under the assumption
of constant long-term slip rate, two conceptual models
are proposed (Shimazaki and Nakata, 1980). The “time-
predictable model” can predict the time of the next earth-
quake from a knowledge of the previous slip
(Figure 3b), whereas “slip predictable model” cannot pre-
dict the time but amount of slip, taking the slip deficit
since the last one into account (Figure 3c). In reality, how-
ever, at least 30 prehistoric earthquakes in a 6,000-year-
long record at Wrightwood along the San Andreas fault,
southern California, follow neither time-predictable
nor slip-predictable model (Weldon et al., 2004). The
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paleoseismic history might prove that slip occurs at a wide
range of stress levels and does not return to the same
postseismic stress level, keeping quasi-periodic recur-
rence behaviors (Scharer et al., 2010).

To furnish the magnitude estimate using the length of
a fault, one must define the extent of a fault. In nature,
we rarely encounter an isolated long single fault trace.
Instead, we more often map a group of faults or
a network of faults, which require us to define each
seismogenic fault. To subdivide faults into portions, the
concept of “fault segmentation” is employed. “Fault seg-
ment” is a general term for the portions of a fault or fault
system or fault zone. There are several types of fault seg-
ments ordered in terms of earthquake occurrence; earth-
quake segment, behavioral segment, structural segment,
geologic segment, and geometric segment (McCalpin,
2009). Identifying and defining earthquake segments that
directly determine the size of earthquakes is the ultimate
goal. However, numerous studies started to focus on
changes in fault orientation and boundaries of fault traces
(branches, intersections, separations, and step-overs) to
identify each structural and geometric fault segment.
There are also varieties of scale of segment and “discon-
tinuous gaps.” But since we assess seismogenic fault,
kilometer-scale traces are generally taken into account.
To identify each seismogenic fault among many complex
mapped fault traces, “5-km separation criteria” are now
broadly employed for the hazard assessment (e.g., Earth-
quake Research Committee in Japan (ERC), 2005).
Several studies done in the late 1980s and early 1990s
compiled the surface ruptures, associated historic earth-
quakes, and mapped active traces around the globe and
then concluded that rupture propagation beyond the 5-km
step width is highly unlikely (Barka and Kadinsky-Cade,
1988; Wesnousky, 1988; Wesnousky, 2006). Although
these should be case-dependent with many factors,
“5 km” is still a standard separation distance to identify
each seismogenic fault segment.

A long continuous fault (system) cannot be simply
divided by the 5-km separation criterion instead. It gener-
ates a variety of rupture patterns and sizes of earthquakes.
Several conceptual models are proposed with slip rates
and event age constraints at several sites along a single
fault or a single fault system. The characteristic earth-
quake model is one of the several conceptual models. In
reality, a space-time diagram of fault rupture patterns esti-
mated from intensive paleoseismic surveys is not so sim-
ple to apply the conceptual model. Detailed examples
from the southern San Andreas fault (Figure 5, Weldon
et al., 2004) and the North Anatolian fault, Turkey
(Hartleb et al., 2003) show the complicated rupture
patterns on a fault system.
Off-fault paleoseismology
Although a limitation of off-fault evidence is its difficulty
in identifying the seismic source, it becomes supportive
evidence for paleoearthquakes, together with on-fault
evidence. There are mainly two types of off-fault evidence
for paleoearthquakes: one is due to strong shaking, and the
other is related to features associated with broadly distrib-
uted coseismic and postseismic deformation (see Earth-
quakes and Crustal Deformation). The former triggers
liquefaction, terrestrial and submarine landslides, and tsu-
nami. The latter leaves uplifted, tilted, and subsided ground
surfaces recorded on shorelines and marine and river ter-
races, where paleo-altitude can be estimated and a flat
surface is guaranteed. Besides on-fault geology and geomor-
phology, preservation of such paleoseismic evidence is
necessary. In addition, synchronicity and spatial extent of
off-fault events are keys to distinguish paleoearthquakes
from other causes of such secondary geologic features.

Liquefaction and associated features such as sand
blows, sand boils, sand volcanoes, lateral spreading, clas-
tic dikes, hydraulic fracturing, and rarely gravel blows and
gravel dikes are the products of strong ground acceleration
due to a large earthquake. Worldwide data on historical
earthquakes show that the features having a liquefaction
origin can be developed at earthquake magnitudes as low
as about 5, but that a magnitude of about 5.5–6 is the
lower limit at which liquefaction effects become relatively
common (Ambraseys, 1988; Obermeier, 2009). There-
fore, paleo-liquefaction is strong evidence for large earth-
quakes in the past. Although it is difficult to excavate
trenches or pits targeted only for paleo-liquefaction, we
often encounter evidence for paleo-liquefaction at archae-
ological sites, which can constrain the earthquake occur-
rence time much better than 14C date due to cover-up
by the non-damaged younger ruins and horizons (e.g.,
Figure 6, Sangawa, 2010). Since liquefaction can be
commonly repeated at the same site where the recent large
earthquake occurred, we can sometimes find the paleo-
liquefaction on trench walls and confirm the recurrence
of strong shaking at the site (e.g., Wesnousky and Leffler,
1992).

Strong ground motions in mountainous regions often
trigger slope failures. In the regions characterized by steep
unstable topography, we can identify massive landslides
and scarps occurred in the past in aerial photographs.
However, interpreting an earthquake-induced landslide
or group of landslides excluding other factors like heavy
rainfall is particularly hard, and levels of confidence in
the resulting interpretation vary widely. Comprehensive
geologic surveys with dating of landslides and several
criteria (Jibson, 2009) that discriminate landslides from
other factors are required.

Widespread thin sediments in coastal regions reveal
occurrence of paleo-tsunamis. Sand layer often containing
pebble and shell deposit is extensively deposited by
tsunami waves and its inundation on the coastal areas
(see Tsunami). Although there is no single convenient fea-
ture to distinguish tsunami deposits from those generated
by other events, sedimentary facies analysis with several
key features is indispensable for identifying tsunami
deposit (Shiki et al., 2008). To better identify paleo-
tsunami deposits, there are limited conditions to preserve
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such sand layers; paleo-tsunami deposits are distinguished
from black humus and mud deposits if the paleo-tsunami
reaches the areas in swales, marsh and other calm environ-
ments where no sand sources can normally flow. Numer-
ous studies, which employed shallow coring, pits, and
trenches, exposed tsunami sand sheets intervened by finer
and datable organic soils (e.g., Atwater, 1987). The recent
significant contribution of the tsunami deposit studies to
the subduction process is to find prehistoric M9 class
earthquakes and their recurrence intervals along the 2004
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Paleoseismology, Figure 6 History of mega-thrust earthquakes
along the Nankai trough, Japan (Sangawa, 2010). The
subduction zone is divided into five rupture segments A–E (F is
the source of 1923 M= 7.9 Kanto earthquake along the Sagami
trough). The horizontal lines with number in lower panel
indicate the rupture extents and occurrence years of large
earthquakes. Dots with number denote archaeological sites with
exposed significant liquefactions at specific ruins and their
calendar years. Recent archaeo-seismological data filled gaps in
long recurrence intervals originally estimated by only historic
accounts (e.g., possible rupture on A and B segments at the
1,498 earthquake), and making the Nankai subduction
earthquake cycles more regular and frequent. Tsunami deposits
recovered from coastal lakes, lagoons, swamps, and lowlands
are also filling the gaps (e.g., Takada et al., 2002) and also provide
much longer rupture history back to the entire Holocene period
(Komatsubara and Fujiwara, 2007).
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Sumatra-Andaman (Jankaew et al., 2008), and along the
Kuril trench (Nanayama et al., 2003), and relation with
the M8 class predecessors of the 1960 M9.5 Chile earth-
quake (Cisternas et al., 2005), which breaks through the
conventional idea on regular occurrences of subduction
earthquakes (see Great Earthquakes).

Besides paleo-tsunami deposits, submarine turbidites
are another geologic clue to reveal large submarine and
coastal earthquakes. Goldfinger et al. (2007) demon-
strated their validity and significance of sediments associ-
ated with earthquake-triggered turbidity currents by
analyzing numerous piston cores collected from subma-
rine channels and canyon systems draining the northern
California continental margin. By studying synchronous
triggering of the turbidity currents, they found 15 turbi-
dites during the last �2,800 years, equivalent to an aver-
age repeat time of �200 years which is similar to the
onshore value of �230 years along the northern San
Andreas fault. Along-strike correlation also suggests the
�320-km rupture extent of the most of the younger
events.

Broad deformation of off-fault areas is another indica-
tor for paleoearthquakes (see Earthquakes and Crustal
Deformation). Vertical deformation can induce changes
in local rates of deposition and erosion that provide evi-
dence of a paleoearthquake, particularly in fluvial and
coastal environment (McCalpin and Carver, 2009). Sub-
duction associated mega-thrust earthquakes and dip-slip
intraplate earthquakes largely change horizontal markers
such as shorelines prior to an earthquake and record off-
fault coseismic uplift (e.g., Meghraoui et al., 2004) which
are preserved as uplifted terraces and shorelines. Coastal
areas facing subduction zones, such as southwest Japan,
Taiwan, New Zealand, and Crete in Greece, have several
steps of elevated terraces and shorelines associated with
the mega-thrust earthquakes (see Seismicity, Subduction
Zone). But significant coseismic uplifts are also inferred
to have been formed by shallow near-coast offshore active
faults that might be branched from subduction interface
(e.g., Maemoku, 2001). Although dating paleo-marine
terraces and shorelines is not easy, coral reefs, coral
microatolls (e.g., Zachariasen et al., 1999), fossils of ses-
sile organisms inhabit intertidal level and become both
paleo-shoreline markers and indicators of timing of earth-
quake occurrences. For older terraces over 50 ka, other
dating techniques and regional tephra fallouts are used to
estimate the emergent dates. In Japan, altitudes of uplifted
marine terraces formed at marine oxygen isotope stage
5e (�120 ka) often provide us with the best estimates of
long-term uplift rates associated with interplate events
(Koide and Machida, 2001). In contrast to coseismic
uplift, studies for paleoseismic subsidence are much
fewer. Subsidence associated with a subduction earth-
quake normally occurs inland from the rebounded uplift
zone. Here, buried soil of subsided marsh and forest
records the sudden vertical deformation (e.g., Atwater
et al., 1995).

Permanent deformation of landscapes associated with
seismogenic faulting is sometimes modified or amplified
by postseismic crustal movement. Recent mega-thrust
subduction events caused not only coseismic uplift, but
also postseismic transient deformation that lasts more than
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a few decades (see Earthquakes and Crustal Deforma-
tion). Although contribution of postseismic deformation
associated with paleoearthquakes is hardly measured in
the uplifted terraces, Sawai et al. (2004) used fossil diatom
assemblages to infer the gradual changes in sedimentary
environments corresponding to the transient postseismic
deep creep that occurred in the seventeenth century along
the Kuril subduction zone.
Seismic hazard assessment based on
paleoseismology
Paleoseismic data are directly used for making probabilis-
tic seismic hazard maps (see Seismic Hazard) which incor-
porate information on fault location, dimension, geometry,
largest earthquake from such dimension, slip rates, and
recurrence intervals (e.g., Working Group on California
Earthquake Probabilities, 1995). Two types of statistical
models of earthquake occurrence are commonly used to
estimate earthquake probability: a stationary Poisson
model and a conditional quasi-periodic model (see Statis-
tical Seismology). The former is used for active faults or
active seismic regions where only frequency of large
earthquakes is available. The latter considers fluctuations
of repeat times (coefficient of variation in recurrence time)
and elapsed time since themost recent event (see Figure 3),
which is time-dependent and compatible with the strain
accumulation process. Several probability density func-
tions such as normal, lognormal, Weibull, or gamma dis-
tributions are used for the recurrence process. Among
them, the Brownian Passage Time function (Matthews
et al., 2002) is evaluated as so far the best function because
of its capability to account for the stress perturbations and
has been adopted for the probabilistic seismic hazard stud-
ies in California and Japan (Field et al., 2009; ERC, 2005).
Time-dependent seismic hazard considering conditional
probabilities on most major active faults provides us with
more realistic estimates (Fujiwara et al., 2009).

If further detailed paleoseismic information is available
for a specific fault, a “scenario earthquake model (seismic
hazard maps for specified seismic sources)” is often pro-
posed to show the strong shaking for the areas being
assessed when the specific earthquake occurs (ERC,
2005). When providing paleoseismic data to seismic engi-
neers, possible rupture patterns for the next earthquake,
slip distribution, and plausible locations of asperities
becomes additional information (Somerville et al., 1999).

In addition to the shaking damage, surface rupture and
displacement associated with a large earthquake often
destroy man-made structures. Structures for human occu-
pancy (e.g., hospital and school) and critical buildings
(e.g., nuclear power plant) can be so located to avoid the
traces of active faults (e.g., the Alquist-Priolo Earthquake
Fault Zoning Act in California, see entry on Seismic Zona-
tion). To mitigate direct damage due to surface-faulting,
detailed positions of active faults and their paleoseis-
mological properties are progressively been opened to
the public through the internet.
Issues in paleoseismology and perspectives
There are fundamental limitations of the geologic
approach to infer paleoearthquakes in time and space.
The following are major caveats in using paleoseis-
mological information:

1. Surface ruptures are commonly associated with M> 6
earthquakes (Wells and Coppersmith, 1994) that occur
at shallow depths (mostly<20 km), even thoughM� 5
earthquakes may also leave surface ruptures in the case
of extremely shallow hypocenter (<5 km) and volcanic
environments (Payne et al., 2009, see entry on Earth-
quakes, Volcanogenic). However, we must know that
geomorphic and stratigraphic evidence for all M> 6
paleoearthquakes is not always produced. It totally
depends on regional tectonic setting, depth of hypocen-
ter (thickness of seismogenic crust), fault slip sense,
and surface geologic conditions. For example,
revisiting the inland earthquakes in Japan since 1923,
no more than half of theM� 7 earthquakes left the sur-
face breaks comparable to the seismic faults, which
obviously underestimates the probabilities of even
M� 7 shocks (Toda and Awata, 2008). Even along
major strike-slip faults, we experienced enigmatic
large earthquakes that did not leave clear surface rup-
ture (e.g., 1989 Loma Prieta earthquake and 2010 Haiti
earthquake).

2. Rates of erosion and sedimentation at regional and
local scales control preservations of fault landforms
and evidence for paleoearthquakes at excavation sites.
Human destruction of the surface geology and topogra-
phy due to urbanization or farming often destroys evi-
dence of very recent paleoseismic events. Furthermore,
obtaining better time constraints for paleoearthquakes
is rare due to the lack of abundant dating material.

3. Geologic and topographic evidence normally includes
interpretation with epistemic uncertainties. Complete
agreement is rare in aerial photographic interpretation.
“Trench parties” (Grant, 2007) often create indecisive
debate that is not visible in the final publication in
which simple trench logs are only illustrated. Photos
and detailed sketches are objective records, but they
are infrequently opened to the public and are hardly
accessible. Therefore one should be aware that
publications often underestimate or overestimate
numbers of paleoearthquakes and need extra effort to
clarify quality measurements and other paleoseismic
interpretations.

4. Paleoseismic study cannot precisely reveal rupture
extent, thus magnitude of an earthquake without any
help of historic accounts. Space-time diagrams of
paleoseismic events on a fault or fault systemmay only
conclude the cases adjacent segments did not simulta-
neously rupture through. Displacement data of a
paleoearthquake would be useful information to esti-
mate magnitude based on the empirical scaling law
(Wells and Coppersmith, 1994). But at least five to
ten measurements are stochastically required to
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characterize magnitude of a paleoearthquake
(Hemphill-Haley and Weldon, 1999).

5. Although we simply apply the characteristic earth-
quake model or extended segmentation model under
the elastic rebound framework (see Earthquakes and
Crustal Deformation), there may be intrinsic uncer-
tainties of repeated faulting processes, for example,
nonlinear strain accumulation and complex rupture
process. This might be a subject seismologists have
to reveal. But paleoseismology instead can be sugges-
tive with data that also conquer “uniformitarianism.”
For example, the 2004 M = 9.2 Sumatra-Andaman
earthquake was an extraordinary earthquake which
can be hardly expected from historic accounts. How-
ever, intensive detailed studies about coral microatolls
(Zachariasen et al., 1999) and tsunami deposits
(Jankaew et al., 2008) suggested there were frequent
huge events in the past, even if we do not see them
in historic ages. This is an important role of
paleoseismology.

Summary
Paleoseismology, which is the study of prehistoric or
pre-instrumental earthquakes, is an interdisciplinary field
of research mainly encompassing seismology, geology
and geomorphology. Starting from identifying active
faults, various field and laboratory techniques such as
aerial photography interpretation, trench excavation, and
radiocarbon dating are used to reveal the spatial extent
and occurrence times of paleoearthquakes, and associated
long-term movements of active faults. Evidence for
paleoearthquakes is not only preserved in strata across
a fault but also found far from the source as paleo-lique-
faction, paleo-landslide, and paleo-tsunami deposits.
Empirical relations between rupture length and slip
versus earthquake magnitude from recent instrumentally
recorded shocks enable us to estimate the size of future
earthquakes on a fault or fault zone. Detailed rupture his-
tory of a fault also allows us to estimate time-dependent
probabilistic seismic hazard. Although there are funda-
mental limitations and incompleteness in field data,
contribution of paleoseismology in understanding the
long-term faulting process is enormous and indispensable.
Recent progress in paleoseismic data accumulations also
allows seismologists and seismic engineers to make better
seismic hazard maps to mitigate seismic damage in the
future.
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Definition
Plate driving forces. The forces exerted on Earth’s tec-
tonic plates that produce the observable horizontal
motions of these plates.

Introduction
Since the advent of the theory of plate tectonics in the
1960s, it has been postulated that the forces that drive
the observed horizontal motions of Earth’s tectonic plates
are produced by the process of thermal convection in the
mantle. The proposition that such motions could be pro-
duced and sustained over very long geological time scales
in a rocky shell, comprising the lithosphere and underly-
ing deep mantle, that also behaves as a solid through
which elastic earthquake waves travel, was initially
viewed as a serious obstacle to the acceptance of the man-
tle convection hypothesis of plate motions. This obstacle
was definitively eliminated with the recognition, amply
confirmed by high-temperature deformation experiments
on minerals (Evans and Kohlstedt, 1995), that the rheol-
ogy of the mantle allows steady-state creeping flow when
subjected to long-term shearing stresses, provided the
ambient temperature is sufficiently high (Poirier, 1985).

The relationship between the mantle shear stress and
deformation (measured in terms of strain rate), is
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characterized by an effective viscosity whose value is
strongly dependent on temperature and, if the stress is suf-
ficiently high, also on the stress magnitude (Karato and
Wu, 1993). The temperature dependence of mantle viscos-
ity gives rise to a lithospheric layer that is stiffer and less
deformable than the much hotter and hence less viscous
upper mantle. Indeed, the very existence of the tectonic
plates as effectively rigid bodies, with little surface defor-
mation except for that occurring along their boundaries, is
generally explained in terms of the strong temperature
dependence of mantle viscosity. The creation of weak
plate boundaries, characterized by very low effective vis-
cosity, requires other mechanisms such as strain (or stress)
weakening (e.g., Tackley, 2000). The rheological contrast
between the lithosphere and the underlying mantle is often
used as the basis for models of plate driving forces that
treat the lithospheric plates and their descending limbs
(subducted slabs) under the oceanic trenches (Figure 1a)
separately from the mantle (Elsasser, 1969; McKenzie,
1969; Solomon and Sleep, 1974; Harper, 1975; Forsyth
and Uyeda, 1975; Richardson et al., 1976; Chapple and
Tullis, 1977; Richter, 1977; Davies, 1978; Bird et al.,
2008).

The vertical viscosity gradient in the lithospheric
plates, from an effectively undeformable, high-viscosity
surface to a more deformable, low-viscosity region at the
base of the plates is a consequence of the thermal structure
of the lithosphere. The oceanic lithosphere can be viewed
as the upper thermal boundary layer of mantle convection,
in which the heat transported across the deep mantle by
rising and sinking convective flow is finally transmitted
to the Earth’s surface by vertical conduction of heat across
the lithosphere (Turcotte and Oxburgh, 1967). This
boundary-layer interpretation provides an alternative con-
text for understanding the plate driving forces, in which
the horizontal motions of Earth’s oceanic lithospheric
plates (Figure 1a) are regarded as an integral component
of the mantle convective circulation (Turcotte and
Oxburgh, 1967; Richter, 1973; Jarvis and Peltier, 1982;
Davies, 1988). According to this view, the horizontal plate
motions are assumed to be coupled to the underlying
thermal convective circulation and they are maintained by
the dynamic stresses in the mantle generated by descending
and ascending thermal plumes (Hager and O’Connell,
1981; Forte and Peltier, 1987, 1994; Ricard and
Vigny, 1989; Gable et al., 1991; Vigny et al., 1991;
Lithgow-Bertelloni and Richards, 1998; Becker and
O’Connell, 2001; Lowman et al., 2008; Forte et al., 2009).
Balance between buoyancy forces and viscous
dissipation
There are thus two distinct approaches that have been
taken to develop models of plate driving forces where,
on the one hand, the plate forces are analyzed separately
from the dynamics of the underlying mantle and, on the
other, the plate motions are modeled as an integral part
of the convecting mantle. Both approaches must satisfy
a fundamental constraint that expresses how work done
by the body forces throughout the mantle are dissipated
by the viscous deformation associated with the tectonic
plate motions and flow in the underlying mantle.

A mathematical expression of the balance between
buoyancy and dissipation (e.g., Malvern, 1969) over the
entire volume, Vm, of the mantle (including the litho-
sphere) is:

�
Z

Vm

ur dr g0 dV ¼
Z

Vm

tijEij dV �
Z

Sd

ti Dui dS (1)

in which tij and ϵij are the deviatoric stress and strain-rate
tensors, respectively, ti is a traction vector acting on sur-
faces Sd across which there is a discontinuity in motion
Δui, ur is the vertical (radial) component of mantle flow,
dr are lateral perturbations in density, and g0 is the radial
gravitational field. All indices i and j represent compo-
nents in each of the three Cartesian coordinate directions,
and repeated indices (in the terms on the right-hand side of
Equation 1) denote summation over all values (1–3) of the
indices. The traction vector ti acting on the discontinuity
surface Sd depends on the deviatoric stress as follows:
ti = tijnj, in which the nj are the Cartesian components of
the local normal vector on Sd. Although the motion along
Sd is discontinuous, the traction ti must be continuous by
Newton’s third law (equal and opposite actions and
reactions).

The left-hand side of Equation 1 is the (positive) rate of
work done by the buoyancy forces drg0 inside the regions
of the mantle where there is vertical flow, as in hot
plumes where dr < 0 and ur > 0, and in cold descending
slabs where dr > 0 and ur < 0 (Figure 1a). The first term
on the right-hand side of Equation 1 is the rate at which the
energy released by the buoyancy forces is dissipated by
the internal stresses as they continuously deform the man-
tle. Since the mantle rheology on plate-tectonic timescales
is viscous, this energy dissipation is simply the viscous
friction that converts mechanical work into heat. The sec-
ond term on the right-hand side represents the rate of fric-
tional dissipation of energy on internal discontinuity
surfaces or faults and hence this term is only relevant in
the upper mantle, and especially the crust, where signifi-
cant earthquake faulting occurs. Since the frictional trac-
tions ti will always oppose the discontinuous fault
motion Δui, the integral over the fault surfaces Sd must
be negative (e.g., Malvern, 1969).

As noted above, a large number of models have evalu-
ated the plate driving forces by specifically focusing on
the lithosphere itself, distinct from the mantle. In this
context, a buoyancy-dissipation balance analogous to
Equation 1 can be developed:

�
Z

Vl

ur dr g0 dV �
Z

Sl

dP� r0df½ 
 uini dS

þ
Z

Sl

ujtjini dS ¼
Z

Vl

tijEij dV �
Z

Sd

ti Dui dS
(2)
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in which Vl represents the volume occupied by the
lithospheric layer, Sl defines the lower surface of the litho-
sphere (where the local normal vector ni is approximately
pointing in the negative radial direction � r̂), dP and
r0df are, respectively, the dynamic pressure field and
self-gravitation force acting on the base of the lithosphere,
and tijnj = tj are the shear stresses exerted on the base of
the lithosphere by the underlying mantle flow.

If the lithosphere has a sufficiently high viscosity,
owing to its relatively colder temperatures compared to
the mantle, the deformation rate ϵij in plate interiors may
be assumed to be negligible. If this approximation is
accepted, the first term on the right-hand side of (2) may
be ignored, and the primary frictional dissipation of
energy occurs on the fault surfaces Sd that define the
boundaries of the plates. The vertical flow ur in the litho-
spheric layer is weak, owing to the proximity of the upper
bounding surface, and thus the work done by the tangen-
tial shear stresses exerted by mantle flow (third term on
the left-hand side of Equation 2) is approximately bal-
anced by the frictional dissipation of energy on plate-
boundary faults. Since the dissipation on the right-hand
side of Equation 2) is always positive, this implies the
tangential stresses on the base of the lithosphere are,
on average, acting in the direction of the flow.
These approximations illustrate how plate motions may
be governed by a balance between basal-shear stresses,
acting as plate driving forces, and resistance to motion
along plate boundaries (e.g., Hanks, 1977; Davies, 1978).

Expressions (1) and (2) are obtained on the assumption
that no external tangential stresses are applied to the upper
and lower bounding surfaces of the mantle and that the
local vertical flow vanishes on these bounding surfaces.
Some models of plate driving forces have employed pre-
scribed plate velocities as a boundary condition, thereby
implying corresponding externally applied tangential
stresses on the lithosphere. This external forcing is some-
times referred to as the “hand of God” effect (e.g.,
Karpychev and Fleitout, 1996). To avoid the unphysical
possibility that such external stresses do work on the lith-
osphere and underlying mantle, the models should be for-
mulated so that compensating surface stresses, generated
by the flowing mantle, are able to precisely cancel the
work of externally applied stresses (e.g., Hager and
O’Connell, 1981).

The principal idea that emerges from these general con-
siderations of the plate driving forces is that plate motions
are produced by the buoyancy forces drg0 in the mantle
(left-hand side of Equation 1). Even when the focus is
placed on the lithosphere itself, the contribution of the
driving forces in the mantle is still present, but “hidden”
in the basal stresses that are exerted on the lithospheric
plate (left-hand side of Equation 2).
Plate driving forces: lithospheric models
Formulating the detailed physical mechanisms by which
the vertically directed buoyancy forces in the mantle
(Fs and Fp in Figure 1a) are ultimately expressed as
horizontal forces acting on and driving the plates is the cen-
tral challenge in developing models that generate realistic
plate motions. The earliest models explored the dynamics
of the lithosphere and its descent into the mantle under deep
ocean trenches (e.g., Elsasser, 1969, 1971; McKenzie,
1969; Richter, 1973), and they suggested that the negative
buoyancy forces due to the cold lithospheric slabs entering
the mantle (Fs in Figure 1a) are the most efficient drivers of
the observed tectonic plate motions.

These initial efforts set the stage for the subsequent
development of parametrized plate-force models in which
the forces driving the plate motions are represented by
a limited number of discrete force vectors acting on the
lithosphere (Figure 1a). One of the most influential studies
of the parametrized plate-force models was carried out by
Forsyth and Uyeda (1975). The forces they considered are
identified in Figure 1a and they include: (1) the slab-pull
force Fsp = Fs sin f acting in the down-dip direction
where f is the dip angle of the slab; (2) the slab-
resistance force Fsr representing the opposing viscous
shear stress acting on the sides of the descending slab;
(3) the collision-resistance force Fcr representing the fric-
tional stress acting on the upper surface of the slab as it
slides past the fault surface of the shallow Benioff zone;
(4) the basal-shear force Fbs representing the tangential
shear stress generated by the flowing mantle acting on
the base of the lithospheric plates; (5) the transform-
resistance force Ftr representing the frictional stresses
acting on segments of the plate boundaries where there
is a component of relative motion that is tangential to the
boundary, such as transform faults; and (6) the ridge-push
force Frp corresponding to the lateral force exerted on the
divergent plate boundaries due to the dynamic pressure
field that produces the topographic elevation of the mid-
ocean ridges.

The orthogonal complement to the slab-pull force is the
slab-normal force Fsn = Fs cos f (Figure 1a). This force
component was not considered in the evaluation of the
plate driving forces by Forsyth and Uyeda (1975), but
the balance between this force and the opposing normal
stress in the mantle will contribute to the retrograde
motion (or “roll back”) of the trench (e.g., Elsasser,
1971; Schellart, 2008; Funiciello et al., 2008) with the
relative velocity yt illustrated in Figure 1a.

The results obtained by Forsyth and Uyeda (1975),
and earlier by Richter (1973), suggested that the bal-
ance of forces on subducting slabs are the primary con-
trol on plate motions and this view has been reiterated
in a whole generation of subsequently published
models (e.g., Lithgow-Bertelloni and Richards, 1998),
up to the present day (e.g., Conrad and Lithgow-
Bertelloni, 2004; Billen, 2008; Funiciello et al., 2008;
Schellart, 2008).

A major source of uncertainty in the plate-force models
is the unknown relationship between the motion of the
lithospheric plates yp and the underlying mantle flow ym
(Figure 1a), and hence the unknown local magnitude and
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direction of the basal shear force Fbs. The majority of
models assumed the mantle is passive, and that the flow
below the lithosphere is entirely generated by the
subducting slabs. This is equivalent to assuming the ambi-
ent mantle temperature outside the sinking lithosphere is
isothermal or adiabatic (e.g., McKenzie, 1969; Hager
and O’Connell, 1981). For these passive-mantle models,
the basal shear force acts in the opposite direction to the
plate velocity and therefore opposes the driving force
provided by slab pull.

The conclusions obtained from the parametrized
plate-force models are nonunique and depend on which
forces are assumed to be known. For example, whether
basal shear forces contribute to driving or resisting the
plate motions will depend on what forces (in Figure 1a)
are prescribed as known at the outset. In the study by
Forsyth and Uyeda (1975), it was assumed that basal
shear forces oppose the plate motions and have
a direction that is antiparallel to the plate velocity. In
contrast, Davies (1978) showed that if the frictional
force Ftr acting on transform boundaries is assumed to
be known in advance, on the basis of earthquake
stress-drop data (Hanks, 1977), then the basal shear
force may act as a plate driving force. The force balance
considered by Davies also showed that the collision-
resistance force Fcr strongly opposes the slab-pull force
Fsp, greatly reducing its contribution as a plate driving
force. The significance of basal shear stresses as
a plate driving force has again been highlighted by Bird
et al. (2008), who employed a finite-element model of
the lithosphere that incorporates stress- and tempera-
ture-dependent viscosities as well as an explicit treat-
ment of plate-boundary faults.
Plate driving forces: whole-mantle models
The popularity of parametrized plate-force models that
focused on the lithosphere was based on the use of readily
observed input variables derived from surface tectonics
and observed plate velocities. Since the observed plate
velocities were employed as an input, these models could
not explain how the plate motions were generated by the
internal dynamics of the mantle, nor how they would
evolve over time.

Hager and O’Connell (1981) introduced 3-D spherical,
whole-mantle flow models that explicitly included the
interaction of the moving lithospheric plates with the
underlying mantle. Although these models employed
the present-day plate velocities as input, they predicted
the 3-D flow throughout the mantle driven by a global dis-
tribution of subducted slabs derived from seismic catalogs
of earthquake hypocenters. With the advent, in the 1980s,
of seismic tomographic imaging of lateral heterogeneity in
the mantle, it became feasible to apply these whole-mantle
flow calculations to explore the detailed connection
between surface plate motions and the 3-D flow in the
mantle generated by thermal convection (e.g., Forte and
Peltier, 1987; Ricard and Vigny, 1989).
Seismic tomography provides important information
regarding the 3-D temperature structure of the convecting
mantle and it thus constitutes a basis for developing realis-
tic models of mantle flow dynamics that are no longer lim-
ited by the 2-D view of Earth dynamics based on surface
observations of plate tectonics. The mantle flow modeling
by Hager and O’Connell (1981) was therefore further
extended in subsequent studies demonstrating that pre-
sent-day plate motions can be successfully predicted using
the 3-D distribution of buoyancy forces derived from seis-
mic tomography (e.g., Vigny et al., 1991; Forte and
Peltier, 1994; Becker and O’Connell, 2001). This confir-
mation that plate motions can be predicted on the basis
of stresses generated in the underlying mantle by
a realistic 3-D pattern of convection is a major step toward
developing a complete understanding of mantle and litho-
sphere dynamics and how they may change over geologic
time (e.g., Lithgow-Bertelloni and Richards, 1998;
Conrad and Lithgow-Bertelloni, 2004; Lowman et al.,
2008; Forte et al., 2009).

A recent tomography-based model of mantle convec-
tion (Forte et al., 2009) illustrates the detailed relationship
between the convective circulation in the mantle and sur-
face plate velocities. The plate velocities predicted by this
model match the observed motions very well (Figure 1b).
Below the lithosphere, in the underlying low-viscosity
portion of the upper mantle referred to as the “astheno-
sphere,” the predicted mantle flow velocities show signif-
icant deviations from the overlying plate motions, for
example, under the western half of the North American
plate and under the African plate (Figure 1c). The lack of
parallelism between the surface plate velocities and the
upper-mantle flow circulation in the asthenosphere is
a consequence of the complex 3-D distribution of buoy-
ancy forces in the deep mantle that are not correlated with
the surface plate geometry (e.g., subduction zones and
mid-ocean ridges) in any straightforward manner. It is also
a consequence of the strong reduction in viscosity in the
asthenosphere relative to the overlying lithosphere, thereby
allowing a partial decoupling of the horizontal flow
vectors in these two layers. This decoupling of the
pattern of horizontal motions in the lithosphere and
asthenosphere, represented by the vectors yp and ym in
Figure 1a, will directly influence the local basal shear force
Fbs (Figure 1a).

The basal shear force Fbs mapped in Figure 1d is
the horizontal component of the mantle traction vector
t =�t � r̂, where t is deviatoric stress tensor. The complex
local variations in basal shear force relative to the surface
plate velocities show that a simple correlation between
these two, as assumed in the parametrized plate-force
models (e.g., Forsyth and Uyeda, 1975), is not appropri-
ate. It is only by considering the integrated effect of the
basal shear force, measured in terms of the total torque act-
ing on each plate, that the relationship to the surface
motions becomes clearer. For example, the integrated
basal torque acting on the North American plate, calcu-
lated on the basis of the tractions in Figure 1d, has
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a 95% correlation to the corresponding North American
plate-rotation vector.

The whole-mantle flow models thus suggest that it is
the basal shear forces generated by a fully 3-D pattern
of mantle convection that drive the motions of the over-
lying plates (e.g., Vigny et al., 1991; Forte and Peltier,
1994; Becker and O’Connell, 2001; Forte et al., 2009).
The role of the plates is not entirely passive, however,
because their intrinsic rigidity allows them to partially
resist (and hence mask) a significant fraction of the
deeper mantle flow patterns (Ricard and Vigny, 1989;
Forte and Peltier, 1994). Furthermore, the buoyancy
forces associated with subducted lithosphere do contrib-
ute to the basal shear forces that drive the plates. In this
regard, the plates are not entirely passive because their
continuous descent into the mantle, over extended
periods of geologic time, ultimately generates the global
distribution of subducted slabs that provide the slab
buoyancy force Fs (Figure 1a).

Summary
Much progress has been achieved in our understanding of
how mantle convection drives the surface plate motions
since the earliest parametric force models were published
over 3 decades ago. This progress would not have been
possible without the information on 3-D mantle structure
that has been obtained through seismic tomography. The
interpretation of the seismic tomography models is how-
ever nonunique, owing to the imperfect sampling of the
mantle by seismic waves, and also because there are other
effects, in addition to lateral temperature variations, that
may give rise to mantle heterogeneity.

This complexity has led to the emergence of two differ-
ent views on how thermal convection in the mantle drives
the tectonic plate motions. The most long held and com-
monly accepted view is that the buoyancy forces due to
subducted slabs are the primary drivers of surface plate
motions (e.g., Richter, 1973; Conrad and Lithgow-
Bertelloni, 2004). According to this view the thermal evo-
lution of the mantle is controlled almost entirely by
cooling from above (i.e., subducting lithosphere), and this
would arise if the mantle is almost entirely heated inter-
nally, with little or no heat entering the mantle across the
core–mantle boundary.

The second view, supported by the earliest mantle con-
vection models (e.g., Turcotte and Oxburgh, 1967) and
some subsequent models (e.g., Jarvis and Peltier, 1982;
Forte et al., 2009), is that a combination of active hot
upwellings (“plumes”) and subducted slabs is required to
explain the surface plate motions. The existence of such
active hot plumes requires a significant heat flux across
the core-mantle boundary and it would be compatible with
a mainly thermal origin for the seismic anomalies evident
in the tomography models (e.g., Forte et al., 2009). The
current debate on which of these two contrasting views
of mantle dynamics is most compatible with the available
data is not yet settled, but a resolution will be possible
once the magnitude of the heat flux across the core-mantle
boundary becomes more clear.
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Introduction
Plate tectonics is a remarkable theory. Its central tenet, which
is widely known, states that the surface of the Earthmoves in
a piecewise coherent fashion via a number of rigid plates
(Wilson, 1965;Morgan, 1968), withmost of the deformation
focused along plate boundaries (Stein, 1987). The underly-
ing dynamic mechanism responsible for plate motions has
been long identified in lateral buoyancy variations within
the Earth mantle (Forte, 2010). However, 40 years after the
acceptance of plate tectonics, the details of how these forces
may vary in time tomodify plate movements remain limited,
and we still fail to answer basic questions of fundamental
importance: Why do plates change their motions as shown
by the geologic and geodetic records? –What are the spatial
and temporal patterns of forces responsible for such
changes? The main difficulty stems from our poor knowl-
edge of the force balance in plate tectonics. It is widely
agreed that plate motions are driven by convection in the
Earth’s mantle (Hager and O’Connel, 1981; Davies and
Richards, 1992). But the influence of other driving and
resisting mechanisms, especially along plate margins,
remains unclear. Forces concentrated along plate margins
are known as plate boundary forces (Forsyth and Uyeda,
1975) and it is likely that they play an important role in mod-
ulating plate motions (Humphreys and Coblentz, 2007).

A key component of plate boundary forces is the gravita-
tional collapse associated with large mountain belts
extending along plate margins. Climate-induced variations
in topography, related to uplift and erosion in orogens, have
been long recognized as possible controls in tectonics
(Koeppen and Wegener, 1924), and may be therefore capa-
ble to initiate variations in plate motion on regional and
global scales. Conversely, geodynamicists can use infer-
ences on topography and plate motion variations as power-
ful probes into the underlying force balance of plate
tectonics.

Temporal variations in plate motions provide signifi-
cant constraints on the budget of forces acting upon plates.
This is because by virtue of Newton’s first law of motion
any change in plate motion is necessarily driven by varia-
tions in one or more driving or resisting forces. With the
advent of space geodetic techniques (Dixon, 1991),
increasingly accurate estimates of global plate motions
and their temporal variations are now available (Sella
et al., 2002). While geodesy measures the current rates
of plate motion, one can also glean long-term constraints
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Plate Motions in Time: Inferences on Driving and Resisting Forces, Figure 1 Observed oceanic spreading half-rates for the past
180 Myrs after a recent global compilation by Müller et al. (2008). Plate boundaries are in white, continents in dark gray. Abrupt
changes in spreading rates reveal short-term variations in global platemotions, particularly visible in the South Atlantic (a) as well as in the
Indian Ocean (b). Such rapid variations are unlikely to originate from global changes in mantle driving forces, which occur on a longer
time scale on the order of 50–100Myrs as indicated bymantle circulationmodels. Instead, they are related to short-term variations in plate
boundary forces caused, for example, by rapid growth of surface topography at convergent margins (see text). These observations
point to the first-order importance of plate boundary forces in controlling global plate motions.
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Plate Motions in Time: Inferences on Driving and Resisting Forces, Figure 2 Normalized strength/depth profiles for a simplified two-
layer continental lithosphere, plotted for three different fault friction coefficients and a strain rate in the range of 10**–15 to 10**–13 1/s,
typical of plate tectonics. Laboratory experiments performed mainly on quartzite and olivine (see text) indicate that lithosphere strength
increases linearly with overburden pressure in the upper brittle part, and decreases exponentially with increasing temperature in the lower
ductile part. Note that the brittle part contributes a significant portion (70–80%) of the total lithospheric strength, independently of the
particular choice of friction coefficient and strain rate values. Experimental results suggest a friction coefficient around 0.6 (dashed
envelope) for rocks under lithostatic pressure conditions, known as Byerlees law. However, various independent evidences for weak faults
suggest much lower values between 0.01 and 0.15 (solid envelopes), so that plate boundaries experience considerably lower stresses even
for high strain rates.
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on plate motion from paleomagnetic observations derived
from the magnetic isochron record of the ocean floor.
In fact, recent paleomagnetic plate motionmodels approach
temporal resolutions on the order of 1–2 Myrs and reveal
a number of rapid velocity-changes (few cm/year) occur-
ring over time-periods of a few Myrs or less (Müller
et al., 2008). Some of these are particularly evident in the
Southern Atlantic (Figure 1a) and in the Indian Ocean
(Figure 1b). Their short duration makes it unlikely to attri-
bute the changes to variations in the internal distribution
of mantle buoyancies. In fact, these evolve globally on lon-
ger time scales on the order of 50–100 Myrs (Bunge et al.,
1998), although locally changes may occur over some
10 Myrs (Forte et al., 2009). It is reasonable to link these
rapid changes to variations in plate boundary forces.
Plate Motions in Time: Inferences on Driving and Resisting
Forces, Figure 3 Temperature distribution in the Earth’s mantle
from a recent, high-resolution 3-D global circulation model. Blue
represents cold, denser material whereas red is hot and buoyant
mantle. View is on Africa, coastline is in white, with continental
topography in transparent green color scale. Present-day plate
boundaries are outlined in blue. More than 100million grid points
discretize the Earth’s mantle, equivalent to an average grid spacing
of 20 km or less. Circulation models include radial variations in
mantle viscosity (factor 40 increase from the upper to the lower
mantle), internal heat generation from radioactivity, bottom
heating from the core, and a history of subduction spanning the
past 120 Myrs. A cold downwelling is visible beneath Tibet where
the ancient Tethys Ocean subducted under Eurasia; a hot and
buoyant upwelling is visible as well beneath the spreading triple-
junction of the Antarctica, Africa, and Australia plates. The
circulationmodel provides a realistic, first-order estimate of internal
buoyancy forces driving global plate motions.
Plate tectonics and the rheology of the lithosphere
The regime of plate tectonics requires high strain rates and
low resistive stresses to coexist simultaneously along plate
margins. But it is challenging to model this regime on
a computer, because it is difficult to simulate shear failure
along plate boundaries. To overcome this challenge
some models of the lithosphere incorporate highly
non-Newtonian, viscous creep, strain-rate weakening
rheologies together with viscoplastic yielding. Moresi
and Solomatov (1998) explored the effects of tempera-
ture-dependent viscosity in combination with a plastic
yield stress: The former causes the cold upper boundary
layer (lithosphere) to be strong, while the latter allows the
boundary layer to fail locally in regions of high stress.
The success, measured through a so-called plateness, is
evident when extreme strain-softening rheologies, known
as pseudo-stick-slip (Bercovici, 1995), are employed
(Bercovici, 2003). Unfortunately, the rheological parame-
ters required for pseudo-stick-slip agree poorly with labo-
ratory experiments of ductile deformation performed on
olivine (Kirby, 1983), particularly at the pressure and tem-
perature conditions typical of the upper mantle (Karato and
Jung, 2003). Figure 2 shows normalized strength enve-
lopes of a simplified two-phase lithosphere. Depth-
dependent strength is parameterized via empirical laws
established through laboratory experiments performed on
quartzite, abundant in the upper 20 km of continental lith-
osphere, and olivine, which dominates at greater depths.
The laboratory results indicate that strength increases line-
arly with overburden pressure in the upper, brittle part of
the lithosphere; it then decreases exponentially with
increasing temperature in the lower, ductile part (Kohlstedt
et al., 1995). High strength in the upper lithosphere reflects
the resistance of rocks to failure at low temperature, or to
sliding past each other when already faulted. Experimental
results indicate a simple linear relationship to parameterize
this behavior (Byerlee, 1978), with shear stress propor-
tional to the normal pressure through a friction coefficient
typically on the order of 0.6 (dashed envelope in Figure 2).
There is, however, mounting evidence for significantly
lower values (in the range 0.01–0.15, see solid envelopes
in Figure 2) along faults and plate boundaries (Hickman,
1991; Bird, 1998; Suppe, 2007).
Computer models of the faulted lithosphere
coupled with global mantle circulation models
Lithospheric faults exhibit low friction, as we have noted.
In other words, they aremechanically weak and experience
low stresses independently of the strain rate. It is therefore
attractive to represent faults directly within the com-
putational grid of numerical models of the lithosphere.
This can be done, for instance, through the use of so-called
contact-elements, in an approach known as neo-tectonic
modeling. Neo-tectonic models have reached consider-
able sophistication. They solve the equations of mass
and momentum conservation, and compute the instanta-
neous force balance and associated plate velocities. They
implement empirical, depth-dependent rheologies of the
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lithosphere and account for ductile deformation in the
lower crust as well as brittle deformation along faults.
In some cases, they take advantage of the so-called thin-
sheet approximation to reduce the computational complex-
ity from 3-D to 2-D (Kong and Bird, 1995) and to achieve
greater computational efficiency.

Independent of advances in neo-tectonic models, there
has been much progress in modeling the global circulation
of the Earth’s mantle (Tackley et al., 1994; Bunge et al.,
1997; Zhong et al., 2000). Mantle circulation models
(MCMs) account for the dynamic effects from a weak
asthenosphere on the horizontal length-scales of the flow
(Bunge et al., 1996), include internal heat generation from
radioactivity, as well as a significant amount of heat from
the core (Bunge, 2005; Quere and Forte, 2006; van der
Hilst et al., 2007). Combined with constraints on the his-
tory of subduction, these models place first-order esti-
mates on the internal mantle buoyancies driving plate
motions. Figure 3 shows the temperature distribution in
themantle fromone recentmodelwithmore than100million
grid points (Oeser et al., 2006), equivalent to a grid point
spacing of 20 km and less throughout the model mantle.
MCMs provide first-order estimates of mantle buoyancy
forces, but do not account for the complex processes in the
lithosphere such the brittle failure. Similarly, neo-tectonic
models include stresses originating within the lithosphere,
and realistic plate boundary forces. But they rely on assump-
tions of the mantle buoyancy field to complete the force bal-
ance. The logical step is merging the two model classes to
simulate the coupled global mantle convection/plate tecton-
ics system. Thismakes it possible to account simultaneously
for plate boundary forces and mantle-related components of
lithospheric force balance, and to predict variations in global
plate velocities that one may test explicitly against the
geologic record. Several authors have recently undertaken
such approach (Iaffaldano et al., 2006; Ghosh et al., 2008).
Results are encouraging, and in the following, we review
recent predictions of climate-related topography variations
and their influence onplate velocities in theSouthernPacific,
Southern Atlantic, as well as in the Indian Ocean that com-
pare well with observations.

Recent plate motion changes
Kinematics of the Southern Pacific and Atlantic, and
its relations to climate variations and topographic
growth in the Andes
Paleomagnetic (Gordon and Jurdy, 1986; DeMets
et al., 1994) and geodetic (Norabuena et al., 1999) data
indicate a significant reduction (as high as 30%) of
the Nazca/South America plate convergence over the



02
Time before present (Myrs)

46

SA/AF (diverging)

NZ/AN (diverging)

NZ/SA (converging)

PA/NZ (diverging)

810

R
el

at
iv

e 
m

ot
io

n 
(c

m
/y

ea
r)

4

6

8

10

12

14

16

Plate motion history in Southern Pacific and Southern Atlantic

Observations with error bars

Predicted following Andean growth
PA

NZ
SA

AF

AN

Plate Motions in Time: Inferences on Driving and Resisting
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(abbreviations as in Figure 6). Black bold segments in the small inset
indicate positions along plate boundaries (thin black) at which
relative motions have been computed. Observed plate motions
(with error bars) inferred from paleomagnetic and geodetic data
are represented by black dots, while empty squares indicate relative
motions predicted from our simulations of the global coupled
mantle/lithosphere system. The models explicitly account for the
growth of the Andes over the past 10 Myrs, and demonstrate that
the relative plate motion record can be entirely explained with the
history of Andean orogeny. Our simulations thus point to the
importance of far-field effects in plate tectonics, and imply that
resisting plate margin forces due to Andean growth account for
about 18% of global plate motion changes over the past 10 Myrs
(see Figure 8).
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Plate Motions in Time: Inferences on Driving and Resisting
Forces, Figure 6 Observed convergence of India (red) and
Australia (blue) relative to fixed Eurasia over the past 20 Myrs.
Convergence rates are computed through rigid-rotation Euler
poles at long 86�E, lat 27�N of the India/Eurasia margin. Present-
day values (squares) are derived from geodetic techniques while
the paleomagnetic record (solid lines) is computed by averaging
finite rotations of magnetic anomalies identified along the
Carlsberg and South-East Indian ridges (labeled respectively, as
CBr and SEIr in inset. CIr is Central Indian ridge). Note that
convergence rates are very similar between 20 and 11 Myrs ago,
when India and Australia appear to behave as one single plate
with presumably little internal deformation. The convergence
relative to Eurasia differs more distinctly over the last 11 Myrs,
when India and Australia slowed down by almost 2 cm/year and
0.5 cm/year, respectively. Inset shows locations of identified
unconformities of sediments (magenta dots) as well as great (Ms
> 6.5) earthquakes (green dots) indicating left-lateral strike-slip
motion in the northern portion of the Ninety East Ridge (orange
contours). Those evidences suggest diffuse deformation in the
Indian Ocean particularly pronounced during late Miocene, and
have been interpreted as separation between the India and
Australia. Plate boundaries are in white, continental topography
in gray color scale.
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past 10Myrs. The timing of the slowdown is significant in
that it is coeval with major growth of the Andes
(Allmendinger et al., 1997) inferred from a variety of inde-
pendent data (Gregory-Wodzicki, 2000). Iaffaldano et al.
(2006) tested the effect of topography on plate convergence
by computing plate velocities before and after Andean
topography growth, assuming mantle shear tractions from
a MCM, as well as a low fault friction coefficient of 0.03
for the tectonic model. They performed two separate simula-
tions of global platemotions, in order to estimate the increase
of horizontal deviatoric force in the frictional region of the
Nazca/SouthAmerica interface arising from the gravitational
collapse of theAndean belt, and its effect on the convergence
rate. One simulation was based on present-day topography
from the ETOPO 5 data set, as high as 5 km in the central
Andes, to compute global plate velocities. A second simula-
tion accounted for a lower topographic relief of continental
South America, based on a reconstruction of Andean
paleo-elevation 10 Myrs ago (Gregory-Wodzicki, 2000).
Comparison of the two computed velocity fields predicts
a 30% convergence reduction between the Nazca and South
America plates (Figure 4), and agrees well with the record of
present and past plate motions. More importantly, the contri-
bution of the momentum from the gravitational collapse of
the large plateau has been estimated to be of some
10**13 N/m along the central Andes. It should be pointed
out that other mechanisms, such as temporal variations of
friction along plate boundaries (Iaffaldano et al., 2008) and
lateral buoyancy variations (Forte et al., 2009), may contrib-
ute tomodify the convergence regime along theNazca/South
America margin to a minor extent. From Figure 4, it is evi-
dent that the total convergence reduction is unevenly
partitioned between the Nazca and South America plates.
This can be understood by recalling that mantle shear trac-
tions exerted on the lithosphere-base scale to first order with



988 PLATE MOTIONS IN TIME: INFERENCES ON DRIVING AND RESISTING FORCES
the basal surface area of the plate times its velocity. Because
the Nazca plate is smaller than South America, a higher
velocity reduction is required in the momentum balance for
mantle shear tractions to equilibrate topography-generated
plate-boundary forces along the margin. Iaffaldano and
Bunge (2009) took a step forward and used global models
to predict the history of relative motion for plates adjacent
to Nazca and South America (Pacific, Africa, Antarctica),
which are shown in Figure 5. Agreement between models
and observations is remarkable, implying that the resisting
forces along the Nazca/South America plate boundary are
responsible for driving plate motion changes also in the
Southern Atlantic and Southern Pacific regions.
Plate motion changes in the Indian Ocean
While instantaneous calculations of the plate tectonic
momentum balance cannot be taken to model the temporal
evolution of plate boundaries, they do allow us to test the
effects of variations in plate geometry on global plate
motions, and in particular the creation of new plate bound-
aries. From the principle of inertia, it follows that any such
event would invariably trigger plate motion changes due
to repartitions in the budget of basal drag and plate bound-
ary forces. A recent such episode is thought to have
occurred in the Indian Ocean, where a variety of evidence
has been interpreted as the generation of a diffuse bound-
ary between the India and Australia plates, dated between
8 and 20 Myrs ago (Wiens et al., 1985; Gordon et al.,
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a predicted convergence of 5.2 cm/year relative to EU, incompatible
result in a convergence of 3.5 cm/year of IN relative to EU, similar t
forces from the gravitational load of Tibet act only against the sma
convergent motion.
1998). Ocean-floor deformation at about 8 Myrs is
documented from buckling of marine sediments (Weissel
et al., 1980). Ongoing deformation in the Indian Ocean
is also supported by pronounced (Ms> 6.5) and localized
seismicity (Stein and Okal, 1978) along the northern por-
tion of the Ninety East Ridge (see inset in Figure 6), sug-
gestive of left-lateral strike-slip motion. Figure 6 shows
the observed convergence history of India and Australia
relative to Eurasia since early Miocene based on geodetic
(Sella et al., 2002) as well as paleomagnetic (Cande and
Stock, 2004; DeMets et al., 1994; Gordon and Jurdy,
1986;Merkouriev andDeMets, 2006) data collected along
the Carlsberg and South East Indian ridges (labeled
respectively as CBr and SEIr in the inset). Within error-
bars, convergence rates are almost indistinguishable
between 20 and 11 Myrs ago, suggesting that India and
Australia behaved as one single plate with presumably lit-
tle deformation occurring in between. Over the past
11 Myrs however their convergence to Eurasia differs dis-
tinctly. While India slowed down by almost 2 cm/year,
convergence of Australia to Eurasia remained almost
steady, with only some 0.5 cm/year of reduction. Timing
of the India/Eurasia plate-motion change coincides rea-
sonably well with the occurrence of diffuse deformation
in the Indian Ocean. More relevant is the fact that Tibet
had attained most of its current elevation (Tapponnier
et al., 2001) prior to the slowdown of the Indian plate
and prior also to the presumed formation of the India/
Australia plate boundary, implying that resistive plate
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PLATE MOTIONS IN TIME: INFERENCES ON DRIVING AND RESISTING FORCES 989
boundary forces arising from the gravitational load of
Tibet were already in place to act against convergence.
Iaffaldano and Bunge (2009) tested explicitly whether
plate-boundary forces from high Tibet are sufficient to
explain the observed reduction of India/Eurasia plate con-
vergence, once the former is separated from Australia by
an additional plate boundary (Figure 7). Specifically, they
performed two distinct simulations of global plate
motions, one with India and Australia cast as one single
plate and the other with two plates built into the computa-
tional finite-element grid. A single India/Australia plate
results in a predicted convergence of 5.2 cm/year at long
86�E, lat 27�N (Figure 7a), whereas India being separated
fromAustralia implies a convergence of 3.5 cm/year at the
same position (Figure 7b). The latter prediction compares
remarkably well with the geodetic estimate (see Figure 6).
Finally, it is worth mentioning that simulations also pre-
dict an increased convergence between India andAustralia,
concentrated in the Indian Ocean, compatible with the
aforementioned geologic and geodetic record.
Conclusions
Recent results indicate that joint modeling of the mantle/
lithosphere system begins to achieve a level of maturity that
allows explicit testing of a range of hypotheses on the force
balance in plate tectonics, and identifying key controlling
parameters. While buoyancy forces from MCMs contribute
significantly to the dynamics of plate motion, it is clear that
plate boundary forces are of sufficient magnitude relative
to these driving forces to affect platemotions and plate defor-
mation, and to initiate rapid plate motion changes. One key
controlling parameter in regulating plate velocity is the ele-
vation of large mountain belts, because their topographic
load consumes a considerable amount of the driving forces
available in plate tectonics, as much as 10**13 N/m. Along
the Nazca/South America plate boundary these forces are
sufficient to reduce the convergence rate over the past
10 Myrs by some 30%. This reduction is, however, not an
isolated episode of a rapid plate motion slow down. Instead
many such variations are documented from the global com-
pilation of Müller et al. (2008), which points to the
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importance of topography and erosion in the global tectonic
system (Cloetingh et al., 2007). The fact that models accu-
rately predict the spreading history of the Pacific/Nazca,
Nazca/South America, Nazca/Antarctica, and South
America/Africa plate boundaries is of equal interest. The
result is not entirely surprising, and arises from the kinematic
constraints of plate tectonics on the sphere. This suggests that
far-field effects cannot be neglected in the geologic record at
least in some cases. The strong influence of mountain belts
on the plate tectonic force balance could have important
implications. In an influential paper, Raymo and Ruddiman
(1992) advanced the notion that Cenozoic climate change
may have been caused by the uplift of Tibet. In other words,
the rise of largemountain plateausmay act as a tectonic force
on climate (Strecker et al., 2007). Low erosion rates have
been implicated as a prerequisite for the creation of large
mountain plateaus (Sobel et al., 2003; Clift and Vannucchi,
2004). This implication suggests conversely that climate
can act – through large topography – as a force in plate tec-
tonics. Overall, a significant portion of recent changes in
global plate motions can be attributed to topography-related
forcing along plate boundaries rather than to mantle buoy-
ancy. These findings are summarized in Figure 8, where
the relative plate motion changes observed globally over
the past 10 Myrs are plotted. Green and red bars show vari-
ations in plate motion that are related, respectively, to the
growth of the high Andes or to the presumed recent separa-
tion between India and Australia, and amount to about
35% of the total change over the Earth surface. This remark-
able first-order result clearly demonstrates the ability of plate
boundary forces to affect the global plate velocity field. The
level of maturity achieved by neo-tectonic simulations
coupled with 3-D MCMs thus allows geodynamicists to
make explicit predictions of the plate tectonic force balance
that can be tested against the geologic record of present
and past plate motions.
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Introduction
The plate tectonics paradigm, developed in the late 1960s,
provides an excellent framework to explain the tectonics
of the Earth’s crust since the Cenozoic period. In general,
the tectonic style reflects how the planets lose their inter-
nal heat and plate tectonics represent one of the at least
three styles in which planets cool (Sleep, 2007). Intrigu-
ingly, Earth is the only planet that presently exhibits plate
tectonics (Stevenson, 2003), an unusual mode of cooling.
It is now widely appreciated that the excess density of the
oceanic lithosphere that is sinking deeply in subduction
zones drives the modern-style plate tectonics (“subduction
tectonics,” Stern, 2005). However, why and when on
Earth plate tectonics began has been highly controversial
and remains one of the most challenging unresolved prob-
lems in our understanding of the evolution of the planet
(for a recent review on the subject see Condie and Pease,
2008 and articles therein; Ernst, 2009). While many
authors propose that plate tectonics, in some form, oper-
ated since early Archaean times (Kroner, 1981; Ernst,
1983; Sleep, 1992; Parman et al., 2001; Smithies et al.,
2003, 2005; Sleep, 2005; Condie, 2005; Cawood et al.,
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2006; Condie and Kroner, 2008; Dilek and Polat, 2008),
others favor a much later beginning in the Earth’s history
(Davies, 1992; Hamilton, 1998, 2003; Stern, 2005, 2007;
Hamilton, 2007;Dewey, 2007; Brown, 2008; Ernst, 2009).

Demonstration that plate tectonics operated at any given
time requires evidence for lithospheric subduction and
independent plate motions. However, since the oldest
oceans on present Earth are not older than Jurassic, one is
forced to consider the geological record on continents that
dates back to �4.4 Gyr (billion years). This section sum-
marizes the debate on the onset of modern-style plate tec-
tonics on Earth, but before addressing this, an overview
of the current perspectives on modern-style plate tectonics
in terms of thermal evolution of Earth and other silicate
planets is considered pertinent. Subsequently, the foot-
prints of plate tectonics in the deep geological past, the Pre-
cambrian (covering an early part of the Earth’s history,
including, Hadean- prior to 3.8 Gyr, Archaean-3.8–2.5
Gyr and Proterozoic-2.5–0.54 Gyr) are traced through
a consideration of empirical observations and multidis-
ciplinary datasets that are believed to serve as proxies for
modern-style plate tectonics in the ancient geologic record.
Modern-style plate tectonics: some broad
perspectives
In its initial conceptualization, plate tectonics offered
a purely kinematic description of how lithospheric plates
move and interact with one another on the nearly spherical
surface of the Earth. There was little clarity on the forces
that cause plate motions. Notwithstanding the traditional
view that the asthenospheric convection powers contem-
porary plate motions, modern geodynamicists find an
increasing consensus for predominance of “top-down tec-
tonics” (Anderson, 2001), at least during some stages in
the Earth’s history, and suggest that plates drive them-
selves as they organize the overall mantle convection
(Davies, 1999; Hynes, 2005).

The thermal boundary layer – the lithosphere – is buoy-
ant when new oceanic crust is created at the Mid Oceanic
Ridges (MOR). As the lithosphere ages and moves away
from the MOR, it cools (conductively), thickens, and
increases in density leading to a buoyancy-crossover in the
lithosphere–asthenosphere system. On the present Earth,
such a crossover occurs in 20–40 Myr (million years). This
“ridge-push” coupled with “gravitational descent” of the
lithosphere in the subduction zones contributes to much of
the plate motion, so much so that the modern plate tectonic
style can be referred to as “subduction tectonics” (Stern,
2005). Based on seismic tomography, it is evident that the
lithospheric slabs on Earth reach great depths, typically
1100–1300 km, and possibly down to the core-mantle
boundary (Vander Hilst et al., 1997). While the “slab pull”
of the sinking lithosphere and the associated “slab suction”
of the entrained ambient mantle at subduction zones move
the plates (Conrad and Lithgrow-Bertelloni, 2004), the vis-
cous resistance of the asthenosphere impedes plate motion.
Resistance to the sinking lithosphere is also from dissipation
forces that are manifest as deformation (mainly faulting and
bending) in the subducting slab and phenomena such as
regional mantle down swelling. The nature and extent of
equilibrium between the driving and resisting forces is indi-
cated by the limited range of the observed plate velocities,
which possibly did not exceed�17 cm/y, for instance, dur-
ing theMesozoic drift of the Indian lithospheric plate, a case
of extremely rapid plate motion.

As stated earlier, Plate tectonics seems to be an unusual
way for silicate planets to cool, and perhaps represents
a specific stage in the�4.57 Gyr cooling history of the Earth
(Ernst, 2009 and references cited therein). This implies
a temporal change in the cooling/tectonic style of the planet.
Ernst (2007) suggested that the Earth’s plate tectonic history
is divisible into four stages. In the early three stages, plate
motions were controlled by asthenospheric convection drag-
ging buoyant lithosphere down inwards. Contrary to this,
during the fourth stage alone, the subducting lithosphere
causes plate motions. The latter stage is referred to as the
“Proterozoic plate tectonic regime,” while the early stages
comprise “Proto-plate tectonics” (Stern, 2007) broadly anal-
ogous to delamination tectonics and/or the shallow subduc-
tion mode of tectonics (Foley et al., 2003).
Evolution of earth’s tectonic regimes
Numerical modeling, geochronological and isotopic
results on meteorites, and the oldest known terrestrial
rocks and minerals, especially ex-situ magmatic zircons
in ancient sediments, offer valuable constraints on the
physical conditions of the planet during its early history.
A general consensus is that the condensation of the accret-
ing hot Earth was completed by �4.57 Gyr (Ernst, 2009
and references cited therein). Further rapid increase in its
internal heat is ascribed to core-formation, radioactive
decay of long-lived elements (U, Th, 40K) and short-lived
isotopes (e.g., 26Al), bolide impacts and very early impact
of a Mars-sized body and such other factors (Wetherill,
1976; Kleine et al., 2004; Cameron and Benz, 1991;
Halliday, 2004). As illustrated in Figure 1 (Stage I), this
phase was succeeded by the formation of a near-surface
magma mush ocean several hundred kilometers thick
(Abe, 1997; Boyet and Carlson, 2005; Davies, 1999),
prior to 4.4 Gyr. The Earth cooled rapidly thereafter lead-
ing to the formation of a thin silicate-proto crust by
�4.4 Gyr, consistent with the well-documented occur-
rence of 4.2–4.4 Gyr igneous zircons from the Archaean
sediments of Western Australia (Wilde et al., 2001;
Watson and Harrison, 2005). It is generally perceived that
such a Hadean crust may have been recycled back into the
mantle by viscous drag and mantle overturn (Boyet and
Carlson, 2005). Significant cooling of the Earth’s crust
(below the boiling point of water) by�4.0 Gyr is inferred
from preservation of the �3.9 Gyr Isua volcano-
sedimentary assemblages, western Greenland, which sug-
gest the possibility that water-oceans marked the planet’s
outer rind by the Late Hadean times. Presence of micro-
diamond� graphite inclusions in the detrital zircons



Stage I: Hadean (4.55–4.0 Ga)

Convecting magma/mush ocean

Stage II: Archaean- Proterozoic (4.0–1.0 Ga)

II.a. Proto-plate tectonics 
Plume and deep mantle-driven 
circulation and formation of 
platelet (4.4–2.7 Ga) and super
cratonal stage (2.7–1.0 Ga)

Stage III: Modern-style plate tectonics < 1.0 Ga

Passive mantle upwelling
at mid-oceanic ridges and 
sinking of dense
lithospheric plates at
subduction zones

II.b. Unstable stagnant lithospheric lid
formation of oceanic and 
continental crust through mantle
upwelling process

Early basaltic “bergs”

2.7–1.0 Ga
4.4–2.7 Ga

Plate Tectonics, Precambrian, Figure 1 Cartoon illustrating the
evolution of global tectonic styles from the Hadean to present
involving three main stages. See text for more details (Modified
after Ernst, 2007; Stern, 2008 and references cited therein).
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(Menneken et al., 2007) suggests thick Archaean litho-
sphere, at least locally. However, if these inclusions were
initially graphite, but transformed to diamonds subse-
quently through subduction processes, the thick litho-
sphere can be inferred much later, during the Mid
Archaean rather than Hadean/Early Archaean (Williams,
2007). Indeed, Mid Archaean diamonds have also been
sourced in younger kimberlites from several cratons,
suggesting thick lithosphere and possible plate motion
by the Mid Archaean (Shirey et al., 2004).

Thermal models of planetary evolution suggest three
principal modes of non-radiative planetary heat transfer
(Sleep, 2000, 2007): (1) magma mush oceans, (2) plume
and plate tectonics and (3) stagnant-lid convection (illus-
trated in Figure 1 in corresponding stages). The magma
mush ocean mode is, by far, the most energetic mode
and probably characterizes the Hadean tectonic style.
The stagnant-lid convection, the least energetic mode,
characterizes the present Venus and Mars and is possibly
present on Earth episodically. Much of the modern, Wil-
son-style plate tectonics reflect convective overturn in
the suboceanic lithosphere–asthenosphere system. On
the other hand, the craton-capped lithosphere scenario
mimics the stagnant-lid mode where the build-up of sub-
lithospheric temperature leads to episodic break up and
drift of continents (Gurnis, 1988; Lowman and Jarvis,
1996; Silver and Behn, 2008). In this process, some low-
density lithosphere is returned to the mantle by viscous
drag. However, the high-brittle yield strength combined
with chemical and mineralogical buoyancy and high vis-
cosity of the cratonic roots promote long-term stabiliza-
tion of cratonic lithosphere compared to the oceanic
lithosphere. While the latter is continuously recycled back
into the mantle, the cratonic lithosphere accumulates over
time and forms a time-integrated aggregate. Mantle con-
vection is driven by both bottom-up and top-down thermal
and gravitational instabilities: hot-buoyant plumes of
mantle overturn and cold-dense sinking lithospheric slabs
(Davies, 1999 and Anderson, 2001). It is further perceived
that in the Hadean Earth, the widespread vigorous bottom-
up overturn and plume ascent predominated (Condie,
1994, 2005; Sleep, 2007). High-temperature regimes and
low-mantle viscosities may have led to rapidly moving
plates and avalanches of lithospheric descent into the
lower mantle interspersed with intervals of relative quies-
cence (O’Neill et al., 2007). In contrast, by the Phanero-
zoic time, thermal heterogeneities in the deep-mantle
lessened, and progressively thicker and cooler oceanic
lithospheric plates became negatively buoyant leading to
the foundering and driving mantle convection from the
surface downward. Craton-capped lithospheric plates
being chemically and mineralogically buoyant would sta-
bilize at the Earth’s surface. Stagnant-lid tectonics is
a dominant mode of other silicate bodies today, and it is
likely that Earth also experienced some episodes of this
mode. However, in the Hadean, stagnant-lid tectonics
may have been very unstable (Hamilton, 2007).

Through a correlation between mantle potential tem-
peratures (TP) – a measure of mantle temperature adiabat-
ically decompressed to pressures corresponding to the
planetary surface, and the Urey ratio (heat production/heat
loss) for progressively cooling silicate bodies, Sleep
(2000) showed that whereas the stagnant-lid style encom-
passes a wide range of thermal conditions from thermally
“active” to “dead” silicate bodies, the modern plate tecton-
ics can only occur when appropriate mantle thermal condi-
tions exist. Plate tectonics are thus an effective mode of
planetary heat loss, but conditions favorable for this style
may only exist for a relatively brief interval in planetary
evolution. Ernst (2007) showed that a Urey ratio of �0.3
extrapolated back in time yields a “thermal catastrophe”
at �1.0–1.5 Gyr (Korenaga, 2006).

The density of the present oceanic lithosphere is con-
trolled largely by the thickness of its mantle component.
Although a small part, the oceanic crustal thickness is con-
trolled by Tp that determines the amount of mantle melting
for a given amount of mantle upwelling (McKenzie and
Bickle, 1988). The mantle potential temperature for the
Archaean Earth was probably 300–500�C higher than
today (Nisbet et al., 1993). Thus, decompression melting
of the hotter Archaean mantle must have generated thicker
oceanic crust and a more buoyant lithosphere. Presently,
the oceanic lithosphere reaches neutral buoyancy in about
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20million years (Davies, 1992), while in a hotter Archaean
mantle, it would take longer (approximately 80 Myr) to
reach neutral buoyancy and much longer lithosphere–
asthenosphere crossover times. In the Arcahean, the nega-
tively buoyant lithosphere would have been removed
much more rapidly than it could form and subduction
may have been possible intermittently, considering the
crust was denser and hence gravitational instability would
also favor subduction. This scenario is in contrast to the
protracted time through which subduction is sustained in
the Phanerozoic.

The transition from stagnant-lid to plate-tectonic modes
requires lithospheric rupture, subsidence and astheno-
sphere flow over the lithosphere. Mechanisms for efficient
cooling of relatively hotter Archaean lithospheric plates
may include three possible scenarios: (1) greater length
of the Archaean ocean ridge system (Hargraves, 1981),
about 27 times to the present length, (2) inversion of basalt
to eclogite in buoyantly subducted Archaean oceanic
crust, and (3) negatively buoyant oceanic mantle litho-
sphere because of latent heat loss associated with melt
extraction at MORs.
Criteria for recognizing plate tectonics in the
precambrian geological record
Recognizing the onset of modern-style plate tectonics on
planet Earth involves tracking the manifestation of the
processes in the geological record. For instance, evidences
for the creation of new oceanic lithosphere, the existence
of “ocean-plate stratigraphy,” subduction processes where
lithosphere is returned to the mantle, transform and
transcurrent faulting at any given time. The problem of
preservation of the diagnostic criteria figures prominently,
as the evidence in all likelihood, can be fragmentary and
incomplete owning to obliteration by tectonic and surface
processes. From the theoretical considerations presented
in the foregoing sections, the modern-style plate tectonics
are not only unusual in a planetary perspective, but also in
the Earth’s evolutionary history. Thus, the Huttonian
approach “The present is the key to the past” may not be
entirely helpful to understand the Earth’s earliest tectonic
history (Rollinson, 2007; Stern, 2008). In any case, best
approaches should consider multiple working hypothesis
and methodological uniformitarianism emphasizing upon
constancy of natural laws rather than substantive unifor-
mitarianism invoking uniform geological processes
through time (Stern, 2008). Some of the most robust
criteria for recognizing the operation of the plate tectonics
in the past include: ophiolites, blueschists and Ultra High-
Pressure (UHP) metamorphic belts, eclogites, passive
margins, transform faults, paleomagnetic evidence, igne-
ous rocks with subduction-related geochemistry and isoto-
pic evidences for recycling. In general, the Archaean crust
is typified by granite-greenstone terrains, with characteris-
tic rock types such as komatiitic ultramafics and basalts
and TTG gneisses. Archaean terrains generally preclude
mafic alkaline igneous rocks, undisputedly recognized
ophiolites, widespread multicyclic sediments, UHP ter-
rains and blueschist-eclogite metamorphic assemblages.
Several of these form distinctive lithologies ascribed to
Wilson-style plate-tectonic processes prevalent in the
Phanerozoic times. Lithological associations such as
stratigraphically intact platformal sedimentary formations
do not appear unequivocally until the latest Archaean
time. Such temporal distribution of rock formations are
considered to reflect changes in tectonic style (Stern,
2007, 2008 and references cited therein).

Evidence for existence of paired metamorphic belts and
subduction-related batholiths also form useful criteria. In
general, different authors apply the criteria in different
ways. For example, while some consider when
a particular assemblage or property first appeared, others
emphasize on when it became common. Thus, the infer-
ences on the onset of plate tectonics on the Earth could
be quite subjective, even by the same criterion. A broad
description and significance of some of the important
criteria are given below.

Ophiolites: Ophiolites are slices of the oceanic litho-
sphere tectonically emplaced onto the continental crust
and could be reliable indicators of past plate tectonics.
A complete ophiolite sequence (ocean-plate stratigraphy)
would include pelagic sediments, pillow basalt, sheeted
dykes, gabbros, and tectonised ultramafites (lherzolites
and harzburgites). However, generally, fragmentary and
dismembered sequences are encountered in Precambrian
terrains. Well- preserved ophiolites are known from many
Neoproterozoic terrains (up to ca. 1.0 Gyr old; Stern, 2008
and Ernst, 2007 and 2009). Some of the better-preserved
Neoproterozoic ophiolites include, Purtuneniq ophiolites,
Canada (Scott et al., 1992) and Jormua ophiolites, Finland
(Peltonen et al., 1996), although ophiolites as old as ca. 3.8
Gyr (the Isua suite, Greenland; Furnes et al., 2007) have
been proposed, they remain controversial (also see Bickle
et al., 1994).

Blueschists: Blueschists are metamorphosed mafic
rocks bearing predominantly a sodic amphibole that stabi-
lizes at high-P, low-T typical of Pacific-type of orogenic
belts. Best studied examples are the Franciscan and
Sanbagwa terrains (Ernst, 2003). The oldest known
blueschists are Neoproterozoic (800–700 Myr; Maruyama
et al., 1996) and undisputed pre-Neoproterozoic blueschists
are virtually unknown.

Eclogites: Eclogites (s.s) are metabasalts and
metagabbros that equilibrated at P >1.2 GPa (> 45 km)
and T (> 600–650�C) with a characteristic pyropic-garnet
and omphacitic-clinopyroxene-bearing assemblage. Differ-
ent types of eclogites have been described, but Colman’s
group C (associated with glaucophane schists) and the
“low-T eclogites” (Carswell, 1990) could be reliable indica-
tors of subduction process.

UHP terrains: UHP terrains form when continental
crust initially subducted to greater than 100 km returns
to the surface through subsequent tectonic processes.
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Typical assemblages include coesite and diamond, indica-
tive of 700–900�C and 3–4 GPa, or more (Liou et al.,
2004). The oldest known UHP terrain is in Mali, ca. 620
Myr (Jahn et al., 2001) and Kazakhsthan, 530 Myr
(Maruyama and Liou, 1998).

Paired metamorphic belts: The occurrence of paired
metamorphic belts was originally conceptualized by
Miyashiro (1972). They serve as one of the diagnostic
criteria for modern-style plate tectonics and typically form
on the overriding plate with the high-P low-T (blueschist
facies) terrane forming next to the trench, whereas the low-P
high-T terrane (greenschist facies) develops near to the arc.
Paired metamorphic belts represent thermal structure of
a mature subduction zone (Kelemen et al., 2003 and van
Keken et al., 2002). As these belts are usually verywide, tens
of hundreds of kilometers, they could be robust features that
survive several episodes of orogeny and erosion (Stern,
2008). As only �30% of convergent plate boundaries are
accretionary, a large proportion, remain erosional (Clift and
Vannucchi, 2004). In a paired metamorphic belt, accretion-
ary convergent margins are preserved as broad zones,
whereas the erosional boundaries could be much narrower
(Stern, 2008 and references cited therein).

Batholiths: Mere presence of magmatic “island arc”
features suggests modern-style plate tectonics with deep
subduction (100–250 km). In such a setting from older
terrains, volcanic rocks are usually removed by erosion,
leaving behind well-preserved mid-crustal batholiths
(Stern, 2002, Hamilton and Myers, 1967). Felsic
plutonic lithologies represented by TTG suites (Tonalite-
Trondjhemite-Granodiorite) dominate Precambrian plutons
coalesced into batholiths. Subduction-related batholiths
also serve as polarity indicators when combined with other
evidences such as grade of metamorphism. etc.

Composition of igneous rocks: Considerable geochem-
ical evidence in terms of depleted mantle source signa-
tures for mid-crustal magmatic complexes suggests
relevance of plate tectonic processes by the end of Hadean
and in subsequent periods (Shirey et al., 2008). Fluid
mobile elements such as K, Sr, Pb, HFSE ratios such as
Nb/Th, Th/U, rare earth-element chemistry and other trace
element compositions are often used to establish the ‘arc-
like’ signatures in igneous suites (Kerrich and Polat, 2006
and references cited therein), which support the general
thesis of plate tectonics since the Early Archaean.

Palaeomagnetic measurements: Palaeomagnetic data
indicate differential movement of continents in pre-
Neoproterozoic times (Pesonen et al., 2003; Cawood
et al., 2006 and references cited therein).

Isotopic compositions: So far, the strongest evidence
for crust-mantle differentiation is from the isotopic record
of key rock units. There is enough evidence for the
recycling of early crust and sediments into the mantle
since Early Archaean (Shirey et al., 2008; Wilde et al.,
2001 and Valley et al., 2006 and references cited therein).
Isotopic studies on diamonds, for example 33S from the
inclusions preserved in the Archaean diamonds, provide
the best evidence that the surface materials of the early
Earth were recycled into the mantle (Farquhar et al.,
2002). However, such recycling could also be due to
proto-plate-tectonic activity or delamination associated
with stagnant lid (Stern, 2008).
Summary and conclusions
The onset of modern-style plate tectonics on Earth
remains controversial. A critical evaluation of the Precam-
brian geological record in terms of many of the criteria
considered in the foregoing reveals that plate tectonics
were operational in some form in some places on the
planet possibly during the Early-Meso Archaean, but
became widespread since �2.7 Gyr. The problem how-
ever, concerns three of the indicators, namely, ophiolites,
UHP metamorphism, and Blue schists, which clearly sug-
gest much later onsets of more specifically, modern-style
plate tectonics around 1.0 Gyr (Stern, 2005; Ernst, 2009;
Condie and Kroner, 2008 and references cited therein).
A closer consideration of these three criteria in terms of
the inferred physical conditions prevalent in the Hadean
and Archaean assumes importance. If the Archaean oce-
anic crust were significantly thicker than the modern oce-
anic crust (Sleep and Windley, 1982 and Foley et al.,
2003), the deeper layers of the oceanic crust may not get
accreted to the continents in the subduction zones. Thus,
the rock associations such as, layered gabbro, ultramafic
cumulates could be missing from the Archaean ophiolites,
which may have been recycled into the mantle (Condie
and Benn, 2006). From a different perspective, obduction
of thin oceanic crust also results in delamination of the
middle-to lower-crustal sections and the mantle litho-
sphere during successive collisional tectonic events. Thus,
the preservation of only the upper pillow lavas of the oce-
anic crust (oceanic flake tectonics of Hoffman and Ranalli,
1988) may be expected. The widespread occurrence of
mafic plain type greenstones in the Archaean may be rem-
nants of oceanic crust than oceanic plateaus (Tomlinson
and Condie, 2001). The apparent absence of blueschists
and UHP rocks before ca. 1.0 Gyr (especially in the
Archaean rock record) could also be ascribed to the rela-
tively hotter Archaean Earth, wherein the subduction
geotherms did not pass into blueschist stability field
(Peacock, 2003; Ernst, 2009; Condie and Kroner, 2008
and references cited therein). Indeed the thermo-barometric
studies of Archaean metamorphic rocks suggest steeper
subduction geotherms (Moyen et al., 2006). Further, it is
possible that the rate of uplift of UHP rocks may have been
very slow in the Archaean, such that these assemblages
recrystallized and hence no longer recognized.

Although the most robust evidences (temporal distribu-
tion of ophiolites, UHPmetamorphism, and blueschist ter-
rains) lead us to the thesis that modern-style of plate
tectonics was undisputedly operational in the Neo-
proterozoic time, there are no evidences to suggest that
manifestation in the geologic records is not strictly
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synchronous. As summarized by Condie and Kroner
(2008), it is quite unlikely that the plate tectonics on the
Earth began as single global event at a distinct time in
the early Archaean rather, it is probable that it began
locally and progressively became more widespread from
early to the late Archaean. By the late Archaean (2.7
Gyr), steep subduction similar to modern times was wide-
spread on the planet. O’Neill et al. (2007) suggested that
subduction may have been episodic during the Precam-
brian, possibly explaining the peak in crustal production
at 2.7 Gyr.
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Definition
The lithosphere is the outer rigid part of the Earth, forming
a shell whose thickness may range up to about 200 km.
A tectonic plate is a part of the Earth’s lithosphere that is
bounded by active plate margins.
A present-day plate margin is a seismically active zone
that cuts the lithosphere.
Conservative plate boundaries are plate boundaries that
separate two plates that are sliding past one another along
a transform fault (which must cut the lithosphere).
Divergent (extensional ) plate boundaries mark where the
two plates are separating from one another, generally
forming passive (or Atlantic) continental margins (though
extension can also occur behind island arcs).
Convergent plate boundaries are located between
a converging oceanic and continental plate forming an
active (Pacific) continental margin, or between
a converging oceanic plate and an island arc.
A global paleoreconstruction shows a reassembly of the
major continents (and oceans) relative to one another at
some time in the past. If the reassembly is made using
ocean-floor spreading magnetic anomalies and fracture
zones, and derives the geographic poles from paleomag-
netism, it is a global paleomap. If only the continents are
depicted, it is a global paleocontinental reconstruction
(or map). If each continent is projected separately onto
a global map frame (as in pre-Mesozoic maps) is it is
a global composite reconstruction.
A paleo-plate reconstruction is simply a paleorecon-
struction that shows the plate boundaries of the time
concerned, that is, ridges, trenches, and major transform
faults.

Earthquakes and plates
Earthquakes are caused by the catastrophic release of
accumulated elastic strain. The strain accumulates as
a result of differential movement between parts of the lith-
osphere. Amap of earthquakes over the past 40 years or so
shows that differential movement is generally confined to
narrow seismic zones, particularly in the oceans
(Figure 1). Elsewhere there is little or no seismicity, show-
ing that most of the lithosphere is not undergoing differen-
tial motion and is therefore rigid. The present-day surface
extent of a plate is marked by zones of active seismicity
that show the plate boundaries.

Plate compositions, sizes, and shapes
Plates are made up of Lithosphere, Continental, with
a thickness that probably averages about 200 km (Priestley
and McKenzie, 2006), and Lithosphere, Oceanic, whose
thickness varies from a small value at a mid-ocean ridge,
where it is created, to about 100 km for old oceanic
lithosphere (Stein and Stein, 1992; Crosby et al., 2006).
Most of the plates in the Pacific Ocean are almost
entirely, or entirely, made of oceanic lithosphere, but other
plates are made up of varying proportions of continental
and oceanic lithosphere (Figure 1). There are no wholly
continental plates. The shapes of most plates are quite
irregular, reflecting their past histories of growth and
destruction.

Plate tectonics
Plate tectonics describe the motions of the lithospheric
plates and the effects they cause. It is now the major
branch of terrestrial tectonics, which is the study of the ori-
gins of the large-scale structures of the Earth, particularly
the lithosphere. The name tectonics is derived from the
Greek word tektonikos (tektοnikόB) “pertaining to
building.”

Plate motions and Euler’s theorem
Plates are rigid bodies that can move relative to one
another in three ways: one, they can slide past one another;
two, they can move away from one another; three, they
can move toward one another.

According to a theorem attributed to Euler, the relative
motion of two rigid bodies on a sphere can be described as
a rotation about a line passing through the Earth’s center
that cuts the Earth’s surface at a point known as the
rotation pole. The pole will have a latitude, l, and
a longitude, j, with the rotation that takes place in
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Plates and Paleoreconstructions, Figure 1 Present-day earthquakes and simplified map of the present-day plates. The Philippine
plate is also known as the Philippine Sea plate. The plate boundary between Eurasia and North America in northeast Asia is
poorly defined. Cylindrical equidistant world map showing land areas as light gray. Areas between 2,000 m water depth and the
coastline are blue (colored version) or light gray (monochrome version). Deeper oceanic areas are uncolored. Over 400,000
earthquakes are shown. In the colored map, the color code is: 0–10 km (79478) blue; 10–35 km (168263) light blue; 35–100 km
(79890) green; 100–200 km (47056) yellow-green; 200–300 km (11144) yellow; 300–400 km (3874) orange-brown; 400–500 km
(4674) red; 500–600 km (8427) magenta; 600–700 km (2477) deep magenta; >700 km (4) black. The monochrome version shows
earthquakes ranging from light gray (shallow) to black (deepest). The rainbow-colored areas in the Australasia, together with smaller
areas along the western coast of the Americas, indicate zones of seismic activity of increasing depth. The continuous black line is
the plate network showing 14 plates, all labeled. It is unclear whether the Indo–Australian plate should be considered to be two
plates with a boundary in the NW Indian Ocean. The plate margins in the oceans are very narrow and conform to ideal plate margins;
those in the continents are much broader. In particular, the wide belt of active deformation in the Alpine–Himalayan belt shows
that the deformation is not restricted to the narrow plate margin on the map between the African, Arabian, and Indo–Australian
plates on the one hand, and the southern Eurasian plate on the other. Rigid plate tectonic descriptions of such areas may be
inappropriate. (Copyright A. G. Smith). The earthquakes are those of magnitude 4 or greater listed in http://earthquake.usgs.gov/
earthquakes/eqarchives/epic/
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a given time given by y (Figure 2). To a good approxima-
tion the Earth is a sphere and tectonic plates are rigid. Thus
the motion of one plate relative to another in a given time
interval is given by their Euler rotation (l, j, y). l varies
from 90� N, the N pole, conventionally given the value of
+90, to 90� S, the S pole, or �90. Longitudes are positive
measured E from the Greenwich meridian, conventionally
taken as 0�, or as 360�. If measuredW from the Greenwich
meridian, the longitudes are negative. Maps showing the
whole world run from 0� E to 360� E, or 0 to �360. They
could also run from 180� W, that is, �180, to 180� E, or
+180. The sign of the rotation y is found by fixing one plate
as a reference and determining whether the rotation moves
the second plate in an anticlockwise direction when
looking down on it – a positive rotation – or moves clock-
wise – a negative rotation. Changing the reference plate
changes the sign of the rotation.
Sliding motions
When plates slide past one another they neither create nor
destroy lithosphere. They conserve the lithosphere and are
described as conservative plate boundaries. On a sphere
such boundaries are circular arcs forming what are known
as transform faults as in the San Andreas fault. The Euler
pole is the point at the center of the arc.

Divergent motions
When a continent breaks up and the pieces move away
from one another the motion is divergent. At first the mar-
gins of the continents-to-be are stretched, forming what
will become passive continental margins, as in the East
African Rift. Eventually the stretching reaches the stage
where new ocean-floor has to form, as in the Red Sea or
the Gulf of Aden. The Euler rotations for each stage are
given by the rotations needed to bring the different
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1000 PLATES AND PALEORECONSTRUCTIONS
markers (passive margins; anomalies of the same age)
together.

Convergent motions
The local motions between present-day converging plates
can be found from the slip vectors of earthquakes. If the
convergent margin is long enough it is also possible to
use these motions to estimate the position of the Euler
pole. However, the local motions and Euler poles for
ancient plate margins are difficult to estimate. In favorable
circumstances it is possible to calculate them from a plate
circuit. For example, the Cenozoic motion along
a convergent plate boundary between India and the rest
of Eurasia can be calculated by successively summing
the motions from Eurasia to North America, North
America to Africa, and Africa to the Indo–Australian plate
(Figure 1). All of these motions are known from the
ocean-floor spreading patterns in the Atlantic and Indian
Oceans. Their sum gives the required result. The absence
of any Paleozoic and Precambrian ocean-floor means that
the motions and Euler poles at all pre-Mesozoic conver-
gent plate boundaries are highly uncertain.

Reference frames
Three classes of reference frames are relevant to global
reconstructions: any plate, the paleomagnetic reference
frame, and that given by “hot-spots.”

Plates as reference frames
Any plate, large or small, that can be linked to all the other
plates can be used as reference frame to make a global
reassembly: there is nothing fundamental in the choice
of a plate. These global reassemblies are not geographic
maps because they do not show the geographic latitude
and longitude of the time concerned. To turn
a reassembly into a map one needs to know the position
of the geographic pole at the time concerned, which is
given by paleomagnetism.

Paleomagnetism as a reference frame
Over a period of several tens of thousands of years or
more, the Earth’s magnetic field averages to what is
known as a geocentric axisymmetric dipole field, or
GADF. Virtually all paleomagnetic measurements use this
field model to interpret the results. The field is geocentric
because it behaves as if it were at the Earth’s center; it is
axisymmetric because the field is symmetric about the
Earth’s spin (or rotation) axis; and it behaves like a bar
magnet and is therefore a dipole. Such a field has a very
simple relationship between the angle, I, known as the
inclination that the lines of magnetic force make with the
horizontal, and the latitude, l, of the point of observation:

tan I ¼ 2 tan l; (1)

where tan = tangent of the angle (I or l).
As a plate moves, the latitude of a point on it changes

and the orientation of the plate varies. Both these effects
are recorded in the remanent magnetization – or Paleo-
magnetism, Principles – preserved in rocks. The actual
position of the north magnetic pole at the time must lie
along the line through the observation point that coincides
with the direction of the declination. It is at a distance of
(90 � l) degrees from the observation point along that
line. Thus, in principle, paleomagnetic data can be used
to reposition that plate at the time that the old magnetism
was superimposed on the rocks.

The determination of the age and direction of magneti-
zation in rocks becomes progressively more difficult as
one goes back in time, but these problems will not be
discussed here. However, any Mesozoic or Cenozoic
global reassembly can be turned into a map by finding
where the mean north magnetic pole lies on the
reassembly and making that point the north geographic
pole of the map (Smith et al., 1994). A map of Pangea just
before break-up is shown in Figure 3.

Although paleomagnetic measurements give the past
latitude and orientation of a plate, they do not give its past
longitude. Thus it is generally not possible to make
a paleoreconstruction from paleomagnetic measurements
alone. However, paleo-longitude differences between
any two points on different continents will be correctly
given if the relative position of the two points has been
determined via a plate tectonic circuit whose individual
motions are known.

Hot-spots as a reference frame
The origin of linear volcanic chains like the Hawaiian
Islands has been attributed to the slow movement of
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Plates and Paleoreconstructions, Figure 3 Mollweide projection of Pangea reassembled at the end of the Triassic period, ~200 Ma.
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continental fragments lying within the Tethys is uncertain, particularly that of China and adjacent areas (the large fragment lying east
of Eurasia). Some continental slivers and/or island arcs off western North America are shown schematically. Several other slivers
probably lay adjacent to other continental margins of Pangea, but no attempt has beenmade to depict them. (Copyright A. G. Smith).
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a tectonic plate over a fixed deep plume of hot mantle,
giving rise to “hot-spots” at the surface (Wilson, 1963;
Morgan, 1981). A purely descriptive term for them is that
they are examples of “large igneous provinces” created in
the case of hot-spots by intense, generally basaltic, magne-
tism. From the point of view of making reconstructions
they show an interesting property in that they move rela-
tive to one another at rates that are an order of magnitude
slower than those of plates. Hot-spots have been used as
a reference frame that is believed to provide longitudes
as well as latitudes for a global reassembly, forming
a so-called absolute reference frame (Duncan, 1981;
Müller et al., 1993). The paleomagnetic reference and
hot-spots reference frames agree within the limits of error
for much of Cenozoic time, then gradually diverge for
reasons that are not clear (Livermore et al., 1988).

Paleoreconstructions
Paleoreconstructions attempt to show where the oceans
and continents were in the geological past. That this is pos-
sible is due to several effects: (1) conservation of conti-
nental crust during plate motions; (2) the record of
Mesozoic and Cenozoic continental separation in the
intervening ocean-floor; and (3) the record of changes in
continental latitude and orientation in Paleomagnetism,
Principles.

Conservation of continental shapes
The extension on passive continental margins is probably
about 100 km for a margin that is 200 km wide at the
present-day, such as parts of the eastern North American
margin (e.g., Sawyer, 1985). In other areas, the extension
may be much higher: Powell et al. (1988) estimated a total
of 360 km extension across the Australia–Antarctica
margin before the formation of ocean-floor (180 km)
equivalent to 1.6� of latitude for each margin, assuming
symmetric extension.

To a good approximation, continental shapes on
a global scale are conserved during plate motions. In detail
this is clearly not the case. For example, when continents
separate the passive margins have been stretched. When
two continents converge, the continental lithosphere of
one continent overrides that of the other, which is then par-
tially subducted. But because continental lithosphere is
less dense than the underlying mantle, it cannot be
subducted to any great depth. Thus the continental crust
in the collisional zone becomes thickened and the area of
continental crust decreases. In the case of the collision
between India and Asia, the Tibetan plateau, and the
Himalayas may represent a loss of continental area in
a strip that may be more than 500 km wide (Coward et al.,
1988; Shackleton, 1988). As one goes back in time, the
subducted Indian crust should be pulled out from under
Eurasia and added to the Indian continent. Similar adjust-
ments, but on a generally smaller scale, are necessary to
the shapes of all continents caught up in collision zones,
but are rarely made.

The continental shapes used for reconstructions gener-
ally show the edges of continents at about 2,000 m water
depth. This shape is unfamiliar where there is a wide shal-
low sea between the 2 km submarine bathymetry contour
and the coastline. To aid in recognition, the present-day
coastline is commonly shown on continents, but the coast-
line of the time concerned may be quite different, as well
as being very difficult to pin down.

Record of continental separation in the ocean-floor
The ocean-floor generated during the break-up of Pangea
and the creation of the Atlantic, India, Antarctic, and
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Arctic Oceans is still mostly preserved. Successively older
oceanic transform faults, fracture zones, and ocean-
floor magnetic anomalies and the continental edges them-
selves can be fitted together to give the Euler rotations
needed to reposition all the major continents to a high
degree of precision for most of Mesozoic and all of Ceno-
zoic time, or roughly back to 200 Ma. The net results are
paleocontinental reconstructions, that is, a display of the
relative positions of the continents in the past (Smith
et al., 1973).
Paleozoic and Precambrian composites
For pre-Mesozoic time the only ocean-floor that remains
is tectonically highly deformed. Thus Paleozoic and Pre-
cambrian global “maps” are made by geographically
repositioning individual continents using paleomagne-
tism. The uncertainties in paleomagnetic poles are consid-
erable, particularly for Precambrian time. Although the
order in which the continents are arranged on the globe
is known, at least for Paleozoic time, the longitude separa-
tions of adjacent continents are not. These separations are
subjectively estimated from evidence such as the distribu-
tion of fossils, tectonic effects, and the like. The results
have been called composites, rather than maps, to empha-
size the fact that they include qualitative data (Smith et al.,
1973). The Precambrian has few fossils that provide an
accurate indication of age and only scattered age determi-
nations. Their absence, together with the absence of
ocean-floor data and the uncertainties in pole positions,
means that there are no generally agreed composites for
most of Precambrian time. The Precambrian is still
a veritable terra incognita.
Paleo-plate reconstructions
As noted above, a global paleoreconstruction is
a reassembly of the major continents (and oceans) relative
to one another at some time in the past. To turn this into
a paleo-plate reconstruction, one needs to add the plate
margins of the time concerned. For Jurassic and younger
periods the former positions of ocean ridges are known
from the ocean-floor record in the Atlantic, Indian, and
Southern Oceans, but much of the Pacific ocean-floor
has been subducted and for these areas former ridge posi-
tions have to be estimated. For Triassic and older periods
the positions of former ocean ridges is largely a matter of
informed guesswork (e.g., Stampfli and Borel, 2002,
2004).

Orogenic belts, that is, those areas made up of
deformed, metamorphosed, and igneous rocks, mark the
former positions of convergent margins. However, the
margins are commonly difficult to locate precisely and
many orogenic belts include more than one former conver-
gent margin, together with the locations of former oceans
that have since been subducted. Thus although one can
join former ridges to orogenic belts to make a sketch plate
boundary map for the time concerned, this map is neces-
sarily imprecise.

Precambrian global paleoreconstructions are generally
schematic (e.g., Collins and Pisarevsky, 2005). Because
paleo-plate reconstructions build on an initial global
reassembly, most Paleozoic and all Precambrian paleo-
plate reconstructions are essentially cartoons that show
the kinds of plate boundaries that may have existed at
a given time but whose locations may have considerable
errors.

Conclusions
The ocean-floor magnetic anomalies, transform faults,
and fracture zones, together with the paleomagnetic
frame allow very precise global Cenozoic and Meso-
zoic maps to be made. The inferred relative longitudes
of Paleozoic and Precambrian continents depend on
qualitative data, giving rise to poorly defined “com-
posites.” Fossils enable precise dating of Paleozoic
features that help in the construction of composites,
but such precision is not obtainable from Precambrian
fossils, giving rise to considerable uncertainties in all
Precambrian reconstructions. How to convert these
global paleoreconstructions into verifiable paleo-plate
reconstructions is a largely unsolved problem for pre-
Mesozoic time.
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Definition
Poroelasticity is a joint formulation for the behavior of
a solid–fluid coupled porous system. Poroelasticity
describes the behavior of porous continuum and pore
fluid with respect to applied displacements and stresses.
Poroelasticity jointly treats the solid frame and pore
fluid to calculate changes in pore pressure, solid dis-
placements, and fluid displacements due to stresses and
displacements associated with external or internal
processes.

The theory of poroelasticity is based on the work of
Terzaghi, 1941; Biot, 1941, 1956a, b, 1962; and
Gassmann, 1951. Poroelasticity is often called Biot theory
as the work of M. A. Biot is considered to establish the
complete foundation for the theory.
Basic concepts
Consider a connected network of pores fully saturated
with fluid. The following are basic concepts that form
the basis for the theory of poroelasticity.

Drained and undrained deformation
For a fully saturated porous material, we consider two
fundamental states (or thought experiments): Drained
and undrained (sometimes these are called jacketed and
unjacketed conditions).

Drained conditions are achieved when pore pressure in
a representative elementary volume (REV) is in equilib-
rium with the surrounding throughout the deformation of
the saturated porous medium. A special case (described
as a lab experiment) is when pore pressure and fluid can
freely defuse in and out of the sample during the deforma-
tion process. Undrained (or jacketed) conditions refer to
the condition in which the boundary of the porous solid
(REV) is impermeable and pore fluid cannot exit the rock
during the deformation process.

Physical measurements on both states (laboratory mea-
surements) will determine the poroelastic coefficients of
the rock. Often “dry conditions” are associated with the
drained experiment. In poroelasticity the term “dry” elas-
tic modulus refers to the drained experiment and not the
elastic modulus when the material is dry.

Linear stress–strain formulation for poroelastic media
Consider the displacement vector in the solid u = [ux, uy,
uz,] and the average fluid displacement vector in the pore
space U = [Ux, Uy, Uz,].

The volume of fluid displaced through a unit area
normal to the x, y, z, direction is fU and the fluid displace-
ment field is w. The isotropic poroelastic stress–strain
relations that relate stress, s, and pore pressure, P, to dis-
placement and strain, e, can be written in an abbreviated
notation as:

sij ¼ 2meij þ dij lcy� aMzð Þ
P ¼ �aMyþMz

y ¼ H � u; z ¼ jH � ðu� UÞ
where lc is the lame’s coefficient for the closed
(undrained) system and m is the shear moduli. Note that
the shear strain and stress are not affected by pore pressure
and fluid presence.M ; a are the two poroelastic constants
associated with the poroelastic stress–strain formulation.
M is known as Biot modulus, or P wave modulus, and
relates dry response to saturated response as follows:

lC ¼ ldry þ a2M ;

1
M

¼ a� j
K0

þ j
Kf

:

where Kf is the pore fluid bulk modulus and j is the
porosity. a is the Biot parameter and is defined as:

a ¼ 1� Kdry=K0
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whereKdry is the bulkmodulus of the rockmeasured under
drained conditions and K0 is the bulk modulus of the
frame mineral.

Note that when the system is jacketed, that is, z ¼ 0 so
there is no relative displacement between the fluid and
matrix, the pore pressure and the total stress are related
and the bulk modulus is defined in terms of “closed”
elastic properties.

When the matrix is open, the assumption is that there is
a constant pore pressure in the system (pore pressure is in
equilibriumwith the surroundings) and thus fluid can flow
freely in and out of the system. One special case of such
conditions is when the pore pressure is equal to zero.
The term “dry” frame conditions often refers to the states
of zero pore pressure.

The poroelastic linear stress–strain relation can be
written in terms of pore pressure as the coupling variable
rather than the relative fluid displacement (or divergence).
A popular form of the linear isotropic poroelastic stress–
strain relations is given by:

sij þ aPdij ¼ 2meij þ ldryydij
z ¼ ð1=MÞP þ ay

Note that the pressure direction here is assumed to be

negative, for example, the pore pressure resists a positive
confining stress that pushes the grains together.

The above equation can be written as an equivalent lin-
ear elasticity relation by substituting the total stress with
Biot effective stress s�ij ¼ sij þ aPdij as:

sij� ¼ 2meij þ ldryydij
z ¼ ð1=MÞP þ ay

In terms of the differential pressure (also known as

Terzaghi’s effective stress or just the “effective” stress)
defined as s

0
ij ¼ sij þ Pdij the linear stress–strain relations

are given by:

sij0 � ð1� aÞPdij ¼ 2meij þ ldryydij
z ¼ ð1=MÞP þ ay

When a = 1 (soft materials where K << K ) the Biot
dry 0
effective stress is equal to the differential stress (often called
Tarahzagi’s effective stress). Simple derivation of Biot’s
effective stress law is given by Nur and Byerlee, 1971.
Gassmann’s equation and fluid substitution
Gassman’s equation (Gassmann, 1951) relates the elastic
constant of saturated material in closed or undrained state
to the drained or open conditions. In its isotropic form,
Gassmann’s equation can be written as:

Ksat

K0 � Ksat
¼ Kdry

K0 � Kdry
þ Kf l

j K0 � Kf l

� �

msat ¼ mdry
where Ksat refers to the saturated bulk modulus of the
closed system. The shear modulus for the open system
(dry) and the closed system are the same msat ¼ mdry as
fluid does not contribute to the shear stiffness of the
system. Gassman’s equation can be derived directly from
Biot’s equations or from basic elasticity considerations by
accounting for mass conservation of pore fluid in a closed
system. Gassmann’s equation assumes that pore fluid is in
equilibrium throughout the sample and that the pore
fluid does not interact with the mineral frame. For more
information see Mavko et al. (1998). Anisotropic exten-
sion to Gassmann’s equation is derived by Brown
and Korringa (1975) in terms of the elastic compliance
tensor:

Sdryijkl � Ssatijkl ¼
Sdryijaa � S0ijaa

� �
Sdryklaa � S0klaa

� �

Sdryaabb � S0aabb

� �
þ bf l � b0
� �

where Sdryijkl ; S
sat
ijkl are the saturated and dry 4th order compli-

ance tensors, bf l is the fluid compressibility (or inverse
bulkmodulus), and b0 is the compressibility of the mineral
frame.
Fluid substitution
One of the many practical applications of Gassmann’s
equation is the ability to predict the elastic modulus of
a known rock saturated with different fluids. One
example is the prediction of seismic velocity of
a gas-saturated sediment given the seismic velocity
of the same sediment saturated with brine. This fluid
substitution scheme is readily derived from
Gassmann’s equation:

Ksat1

K0 � Ksat1
� Kf l1

j K0 � Kf l1

� � ¼ Ksat2

K0 � Ksat2

� Kf l2

j K0 � Kf l2

� �

msat2 ¼ msat1
Skempton coefficient
If the system is closed (jacketed), the pore pressure and the
external stress are directly related as:

y ¼ ð�s� aPÞ
Kdry

! P ¼ 1
a

�s� Kdryy
� �

; �s ¼ skk=3

�s 1 � �

y ¼ ekk ¼ Ksat

! P ¼
a

Ksat � Kdry y ! P ¼ B�s;

B ¼ 1
Ksat

Ksat � Kdry

a

� �

B is known as the Skempton coefficient and is one of the
most measured laboratory quantity.
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Three-dimensional consolidation
Poroelasticity provides the analytical framework for three-
dimensional consolidation of soils and sediments as
follows:

Darcy’s law relates fluid motion to pore pressure gradi-
ent and gradient of the gravitational potentialG and can be
written as

@w=@t ¼ �k

�
HP ��k

�
HG

where k is the permeability tensor and � is the fluid
viscosity.

The total stress field must satisfy the equilibrium equa-
tions (neglecting the inertia terms)

X @sij
@xj

þ rbi ¼ 0;

where bi is the body force acting on the media (Gravity)
and will be neglected in the following expressions.
Combining Darcy’s law with the equilibrium equation,
we obtain the general consolidation equations that
couple fluid and solid displacements of the vectors u and
w as:

2
X
ij

@

@xj
ðmeijÞ þ @

@xj
ðlCy� aMzÞ ¼ 0

@w
@t

¼ k

�
HðaMy�MzÞ

for the special case where the poroelastic coefficients are
constant, the equation of motion is written (after applica-
tion of the divergence operator and some algebra) as:

ð2mþ lCÞH2y� aMH2z ¼ 0

@z
@t

¼ k

�
MCH2z

MC ¼ Mð2mþ lÞ=ð2mþ lCÞ
The latter equation can be written in terms of pore
pressure as the familiar diffusion equation with an added
volumetric solid deformation term:

@P
@t

� k

�
MH2P ¼ �aM

@y
@t

This equation is used extensively in the study of soil

consolidation, compacting reservoirs, and stress–fluid
coupled processes in the earth.
Dynamic poroelasticity and wave propagation in
saturated porous medium
The wave equation in saturated porous media is derived
by adding the inertia terms to the equation of motion.
For isotropic media with isotropic permeability, it can be
written in terms of fluid and solid displacement vectors:

2
X
ij

@

@xj
ðmeijÞ þ @

@xi
ðlCy� aMzÞ ¼ @2

@t2
rui þ rf wi

� �

@

@xi
ðaMy�MzÞ ¼ @2

@t2
rf ui þ mwi

� �
þ �

k

@wi

@t

wherem ¼ jrf þ ra
� �

=j2 is the mass coupling parame-
ters, and ra ¼ jrf ða� 1Þ is the apparent density that
relates the dynamic tortuosity to fluid density and rock
porosity (Berryman, 1980).

The equations of motion can be written in terms of
rotation-free and dilatation-free equations similar to the
equation for P and S wave in linear elasticity. However,
unlike linear elasticity, in isotropic linear poroelastic
media, there are two P waves that travel with two differ-
ent velocities and a single shear wave velocity. The two
P wave velocities are known as the fast and slow Biot
wave velocities and have been observed in the laboratory
(Plona, 1980). When the fluid viscosity is zero, the
two P waves are not attenuated but when the fluid vis-
cosity is finite the slow Biot wave is highly attenuated
and quickly decays into pore pressure diffusion. In his
1956 papers, Biot discusses many details associated
with wave propagation in the low frequency range,
which is the appropriate range for seismic investiga-
tion, and the high frequency range, which covers the
ultrasonic case.
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Definition
Dynamic elasticity allows predicting and explaining the
propagation of perturbations in solids. The contributions
of Newton, Hooke, Cauchy, Poisson, and Navier laid the
basis of dynamic elasticity by the beginnings of the nine-
teenth century. It is possible to solve the equation of
motion in terms of displacements using potentials which
are solutions of the wave equations for longitudinal (or
compression) and transverse (or shear) waves. The waves
that propagate in fluids like water and air are called acous-
tic waves. Plane waves are the simplest solutions of wave
equation as discovered by D’Alembert. In conjunction
with Fourier transforms, plane waves are central in the
solutions of a variety of problems like waves in layered
media and surface guided waves.

Introduction
Waves are part of our existence andmanifest themselves at
many scales and with an enormous variety of effects. Per-
haps the most familiar waves could be those generated in
a pond after a pebble is thrown. Other waves that we can-
not see are the sound waves that propagate in the air. They
allow both hearing and speech. Elastic waves are of the
same type of acoustic waves but can be also of transverse
nature as they can propagate in solids. In what follows we
establish the fundamental equations and delineate solution
strategies. Recent findings are pointed out.

Newton’s second law
During the second half of eighteenth century, Isaac
Newton developed groundbreaking ideas of mechanics
and optics; we can credit him the invention of calculus
although this has been a matter of bitter debate with
Leibnitz and his followers. Regarding the motion of bod-
ies, his descriptions enabled the industrial revolution.
Consider a particle with mass m subjected to loads.
Second Newton’s law establishes that:

X
F ¼ m a; (1)

which means that the sum of forces equals the product of
mass and acceleration. In this equation boldface letters
represent vectors. For instance, the acceleration vector
a ¼ ða1; a2; a3ÞT has components aj for the three direc-
tions xj (with j = 1, 2, and 3). The upper index T means
the transpose operation.
As velocity is the change of displacement with time,
acceleration is the change of velocity with time. Therefore,
acceleration is the second derivative of displacement d
with respect to time and is written as:

a ¼ d2d
dt2

: (2)

Newtonian mechanics explained the motion of both

celestial bodies and everyday objects. By means of the
methods of calculus, developed significantly by Newton
himself, these ideas where applied to deformable solids.
For a successful application a relationship between forces
and displacements, a constitutive law, is needed.

Cauchy’s stress and strain
Assuming Cartesian coordinates and studying equilibrium
within a continuum we can state Newton’s second law per
unit volume in modern form using both index notation and
partial derivatives with respect to particular variables. This
is possible thanks to the concept of stress tensor developed
by Cauchy. Therefore we can write

@sji
@xj

þ fi ¼ r
@2ui
@t2

; (3)

where ui(x,t) = displacement vector of point x (represented
by xj, with j = 1, 2, and 3, respectively, or by x, y and z) and
time t, sji(x,t) = stress tensor components (force per unit
area) on the faces of a particle oriented along the axis j
(see Figure 1), fi = body force pr unit volume, r = mass
density, and the right hand term is precisely the mass per
unit volume multiplied by acceleration. Moreover, it is
possible to show that in order to guarantee equilibrium
on moments the stress tensor must be symmetric (i.e., sji
= sij). The equilibrium at a given boundary subjected to
tractions or forces per unit area leads to Cauchy equation
sijnj ¼ tðnÞi which relates the stress tensor at a point with
traction associated to a given normal vector as depicted
in Figure 2.
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The motion at point x + dx allows for a first order
description if it is within a small neighborhood of x and
can be expressed in terms of values at x by means of:

uiðxþ dx; tÞ ¼ uiðx; tÞ þ @ui
@xk

dxk

¼ uiðx; tÞ þ 1
2

@ui
@xk

þ @uk
@xi

� �
dxk

þ 1
2

@ui
@xk

� @uk
@xi

� �
dxk :

(4)

The first and third terms of last equality exhibit the

motion at x + dx as the composition of a rigid body trans-
lation and rotation, respectively, which do not produce any
strains. The middle term really implies strains and is the
product of the Cauchy infinitesimal strain tensor,

eik ¼ 1
2

@ui
@xk

þ @uk
@xi

� �
; (5)

and the spatial differentials dxk. This tensor is a natural
candidate for a constitutive law.

Hooke’s law
Solids undergo deformations when subjected to loads. If
deformations are small a linear relationship can be
assumed. This is what Robert Hooke did when studying
springs. To secure his finding he even wrote an anagram:
ceiiinosssttuv to hide the Latin sentence: ut tensio sic vis
which literally means that the displacement (vis) is propor-
tional to the force (tensio).

Nowadays, we express Hooke’s law simply by writing
F ¼ k � dwhere F ¼ force, k ¼ spring constant or stiff-
ness, and d ¼ displacement. Hooke and Newton were
contemporary, but not very friendly to each other. Hooke
claimed Newton stole from him the notion of gravitational
force as proportional to inverse square of distance; New-
ton ignored him. Actually, such an idea was implicit in
Kepler’s laws and many suspected it, but only Newton
gave a precise quantitative account.

For linear elastic materials the more general constitu-
tive law is
sij ¼ cijpq epq: (6)

This is Hooke’s law expressing a linear relationship

between stresses sij and strain epq at a point. Very likely,
Hooke never imagined such an extension. Technically
speaking these are second order tensors. Both are due to
Cauchy.

Elastic properties appear in the tensor cijpq which is of
fourth order. At a given point, it represents 81 entries but
after recognizing the symmetry of the stress and strain ten-
sors we have 36 independent constants. Energy consider-
ations allow having only 21 constants for a general
anisotropic solid. If the medium is isotropic we have

cijpq ¼ ldijdpq þ mðdipdjq þ diqdjpÞ; (7)

where dij ¼ Kronecker delta (=1 if i = j; =0 if i 6¼ j; note
that djj ¼ 3) and the parameters l; m ¼ Lamé constants.
Equation 7 shows that only two independent constants
are needed to describe a linear isotropic solid.
Navier’s equation
For isotropic materials Hooke’s law can be written as

sij ¼ lekkdij þ 2meij: (8)

Substituting Equation 8 in Equation 3 and considering

the definition of strain in Equation 5, we can write
the governing equation for motion within an elastic
medium:

m
@2ui
@xj@xj

þ ðlþ mÞ @2uj
@xj@xj

þ fi ¼ r
@2ui
@t2

: (9)

This is Navier’s equation. It is possible to show that

under very general circumstances the homogeneous solu-
tion (for fi = 0) can be expressed by means of:

ui ¼ @f
@xi

þ eijk
@ck

@xj
with

@ck

@xk
¼ 0: (10)

Here j ¼ jðx; tÞ and c ¼ c ðx; tÞ are functions
k k
called potentials (see Achenbach, 1973). The first is
a scalar while the second is a vector. These functions must
be solutions of the homogeneous wave equations:

@2f
@xj@xj

¼ 1
a2

@2f
@t2

and
@2ck

@xj@xj
¼ 1

b2
@2ck

@t2
; (11)

respectively. This is supported by Lamé’s theorem
(for details see Aki and Richards, 1980). Here
a ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiðlþ 2mÞ=rp

and b ¼ ffiffiffiffiffiffiffiffi
m=r

p
are the velocities of

compressional (or P) and shear (or S) waves, respectively.
The existence of two types of waves was suspected earlier
thanks to experiments that show light as transversely
polarized waves. Poisson employed Newtonian
intermolecular elastic forces and found theoretically the
existence of P and S waves. His considerations lead him
to conclude that a ¼ ffiffiffi

3
p

b. This happens when l ¼ m (or
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n ¼ 0.25) and therefore, a medium with this property is
called a Poisson solid.
D’Alembert solution of wave equation
For the linearly elastic, isotropic, homogeneous elastic
medium, Navier’s equation can be solved through the
superposition of solutions of wave equation called poten-
tials (see Aki and Richards, 1980). Therefore, our capabil-
ity to solve the canonical equation of dynamic elasticity
rests upon the ability to solve wave equation. This is sub-
ject of significant mathematical interest and many
methods exist to look for solutions. Here we follow
instead a quick, intuitive approach to solve the wave equa-
tion. In our opinion, the simplest solution is the one pro-
posed by D’Alembert, whom was a disciple of the
eighteenth century French Illustration. Extending his idea
we can write

fðx; tÞ ¼ f t � xknk
a

� �
þ g t þ xknk

a

� �
; (12)

which is a solution of a wave equation for almost any func-
tion f and g, propagating along the unit vectors nk and�nk,
respectively. Equation 12 displays the beauty and power
of D’Alembert solution. One powerful strategy is present
in many methods and consists in sending explicitly plane
waves in many directions.

This is what comes out after an exam of the arguments
in Equation 12. Consider that xknk ¼ s is the equation of
a plane in 3D space with a distance s from the origin, mea-
sured along nk. In vector notation we can write x � n ¼ s.
This is the definition of a new coordinate s and is illus-
trated using the Cartesian system in 2D depicted in
Figure 3. The line L corresponds to a constant value for s.
Fourier transforms and plane waves
In order to describe and generalize the power of the plane
wave concept, consider the representation of a function
X1

X = (x1, x2)T

S = xk nk

X2

n

L

Propagation of Elastic Waves: Fundamentals,
Figure 3 Coordinate s along the vector n. Line L corresponds to
a constant value for s.
f ðtÞ ¼ 1
2p

Z?

?

FðoÞ expðþiotÞdo; (13)

where F(o) = Fourier transform of f(t) given by

FðoÞ ¼
Z?

�?

f ðtÞ expð�iotÞdt: (14)

Equation 13 exhibits an arbitrary function in terms of

continuous superposition of sines and cosines. This funda-
mental property can be practically exploited under the
assumptions that signals are discrete and periodic. We
have then a powerful tool: the Discrete Fourier Transform.
Moreover, the Fast Fourier Transform (FFT) algorithm
allows for efficient computation. With this powerful tool
we are effectively holding infinity in our hands. As the
variable t in Equation 13 is a dummy variable we can sub-
stitute it by the D’Alembert argument (t-s/c). Therefore, it
is possible to write

f ðt� s=cÞ¼ 1
2p

Z?

�?

FðoÞexp½þioðt� s=cÞ
do

¼ 1
2p

Z?

�?

FðoÞexp½�ios=c
exp½þiot
do:

(15)

We first see D’Alembert argument at the complex expo-

nential but then the contribution of the plane wave is given
by the transfer function that multiplies the Fourier trans-
form of signal. Let us consider the transfer function

exp �ios=c½ 
 ¼ exp½�i o=cð Þn � x ¼ exp
 ½ � ik � x
;
(16)

which represents a harmonic plane wave propagating and
identify that the wave vector k = (o/c)n that gives the
direction of propagation of the plane wave, where n
is a unit vector (n1

2 + n2
2 + n3

2 = 1).
It is possible to extend the idea that the unit vector n

may have complex values then we have inhomogeneous
plane waves. As an example of the significant representa-
tion power of generalized plane waves we can express
a harmonic spherical wave as a superposition of both
homogeneous and inhomogeneous plane waves using
the Weyl integral (see Aki and Richards, 1980):

1

R
exp �io

R

c

� �
¼ 1

2p

ZZ
expð�ikxx� ikyy�g zj jÞ

g
dkxdky:

(17)

Here g ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
o2=c2 � k2 � k2

q
with the sign chosen so
x y

that Re g > 0 and R ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
x2 þ y2 þ z2

p
. Plane waves are



PROPAGATION OF ELASTIC WAVES: FUNDAMENTALS 1009
then building blocks to construct solutions for the half-
space problems and layeredmedia. They play a central role
in seismology. Certainly, it is the success of a simple idea.
Green’s function for homogeneous space
The Green’s function is the displacement field produced
within an elastic medium by a concentrated, impulsive
unit load at a given point. For an infinite, homogeneous,
isotropic, elastic medium Stokes found the analytical solu-
tion at the middle of the nineteenth century. More than
50 years later, at the eve of the twentieth century, Lamb
(1904) found the solution for a vertical point load at the
surface of a half-space. The solution for the horizontal
load came again more than 50 years later (Chao, 1960).

If the body force is a unit concentrated impulsive it can
be represented with Dirac’s delta functions for space and
time. Moreover, to specify the force direction we
add Kronecker delta dij (=1 if i = j, =0 for i 6¼ j).
Therefore, we can define fi  dijdð x� xj jÞdðtÞ and
uiðx; tÞ  Gijðx; x; tÞ = Green’s function for the infinite
elastic domain. It is the displacement in direction i at x
when a unit impulse is applied in direction j at point x.

The Green’s function should satisfy Navier’s equation,
which can be written as

m
@2Gij

@xk@xk
þðlþ mÞ @

2Gkj

@xi@xk
� r

@2Gij

@t2
¼�dijdð x� xj jÞdðtÞ:

(18)

On November 26th, 1849, G. G. Stokes read his paper

on the Dynamical Theory of Diffraction. He intended to
model a light source in the luminiferous Ether and
assumed a force in an infinite domain. Based upon previ-
ous results of Poisson regarding Laplace equation, he
obtained the exact solution for the displacement field
due to a single force within the unbounded elastic
medium. Without knowing it, he had conceived the first
mathematical model of an earthquake. This solution
(Stokes, 1849) can be expressed by means of

Gijðx; x; tÞ ¼ 1
4pmr

f1gigj þ f2ðdij � gigjÞ
	 


; (19)

where

r ¼ x� xj j ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ðx1 � x1Þ2 þ ðx2 � x2Þ2 þ ðx3 � x3Þ2

q

and gj ¼ ðxj � xjÞ=r is the unit vector form x to x. The
functions f1 and f2 are given by

f1ðr; tÞ ¼ b2

a2
dðt � r=aÞ þ 2b2

Z1=b

1=a

dðt � rkÞkdk (20)

and
f2ðr; tÞ ¼ dðt � r=bÞ � b2
Z1=b

1=a

dðt � krÞkdk: (21)
We can notice that Stokes’ solution decays as 1/r and is

modulated angularly by sines and cosines. It is remarkable
that the longitudinal P-wave pulse has the same time
dependence as the source followed by a similar transverse
pulse with much larger amplitude. Between these main
P and S arrivals we find a disturbance decaying more rap-
idly away from the source.

In the frequency domain (after applying Fourier trans-
form) these functions can be written as follows:

f1ðr;oÞ ¼ ðb2=a2Þ½1� i2=qr � 2=q2r2
 expð�iqrÞ
þ ½i2=kr þ 2=k2r2
 expð�ikrÞ (22)

and

f2ðr;oÞ ¼ ðb2=a2Þ½i=qr þ 1=q2r2
 expð�iqrÞ
þ ½1� i=kr � 1=k2r2
 expð�ikrÞ: (23)

Here q = o/a and k = o/b are the wave numbers of

P and S waves, respectively. If o equals zero, the static
case, we obtain the constants f1 = 1 and f2 = (1 + b2/a2)/2
that correspond to the Kelvin solution for a unit static load
in the full elastic space. The Stokes solution for the infinite
space is frequently used in the integral BEM or IBEM for-
mulations (see Bouchon and Sánchez-Sesma, 2007).

For a homogeneous or layered half-space, Fourier
methods allow to formulate the problems in integral form.
Obtaining the displacement and stress fields requires ade-
quate discretization. A remarkable compendium of funda-
mental solutions is the one due to Kausel (2006).

The theory allows solving the homogeneous boundary
conditions in terms of an eigenvalue problem. This lead
to surface guided waves.

Green’s function retrieval from correlations
If an elastic, inhomogeneous, anisotropic medium is
subjected to isotropic, equipartitioned, illumination, the
resulting field is said to be diffuse as its intensities are
governed by a diffusion-like process. This may be easily
argued if the role of multiple scattering is invoked. Under
these circumstances, the Green’s function can be retrieved
from averaging cross-correlations of the recorded motions
of such diffuse field (e.g., Weaver and Lobkis, 2004;
Wapenaar, 2004; Sánchez-Sesma and Campillo, 2006;
Gouédard et al., 2008).

The pioneering studies of Aki have contributed to the
understanding of coda waves and seismic noise. Various
scattering formulations have been developed in order to
explain coda features (see Aki, 1957; Aki and Chouet,
1975; Sato and Fehler, 1998). When multiple scattering
takes place, the intensities, which are related to energy
densities, follow diffusion-like equations. These waves
arrive at the receiver from different directions, sampling
the medium along their paths.

When source and receiver are both at the same point,
we have interesting consequences. From the observable
side, the autocorrelation is proportional to the energy
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density at a given point, and the imaginary part of the
Green function at the source is finite because the singular-
ity of the Green’s function is restricted to the real part.

Thus, the directional energy densities at a point are pro-
portional to the imaginary part of Green’s function tensor
components at the source itself, which is indeed the given
point. The relationships among energy densities and its
partitions have been recently studied by Perton et al.
(2009) and Margerin et al. (2009). The Green´s function
may be useful to imaging the subsurface structure at the
site. In fact, the connection of the imaginary part of the
Green´s function at the source with the optical theorem
has been explored by Snieder et al. (2009).

For horizontally layered systems and 1D excitation, the
relationship between reflection response and autocorrela-
tion of surface motion was discovered by Claerbout
(1968). An algorithm to identify reflection coefficients
based upon Claerbout´s results was proposed by
Scherbaum (1987). In fact, this is a single-station inver-
sionmethod and, in principle, it allows imaging of the sub-
surface impedance structure. The idea was tested using
small locally recorded earthquakes.

Seismic noise is produced by nearby, superficial low-
strength sources that we will generically call
microtremors. Noise sources are 3D in nature and have
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case. We can see that as the number of sources considered increas
significant geometrical spreading. The relative sampling
of the medium with respect to depth is considerably
reduced due to this attenuation.

In what follows, we review the Green´s function
retrieval from correlations of field fluctuations. For the
layered medium with free surface overlaying a half-space
we compute the imaginary part of the Green function
when source and receiver coincide at the free surface.

It has been demonstrated (e.g., Weaver and Lobkis,
2004; Wapenaar, 2004; Sánchez-Sesma et al., 2008) that
if a 3D diffuse harmonic displacement vector field
uiðx;oÞ is established within an elastic medium, the aver-
age cross-correlations of such motions at points xA and xB
can be written as:

uiðxA;oÞu�j ðxB;oÞ
D E

¼ �2pESk
�3

� Im GijðxA; xB;oÞ
� �

:
(24)
In this equation, the Green’s functionGijðxA; xB;oÞ ¼
displacement at xA in direction i produced by a unit har-
monic point force acting at xB in direction j, o ¼ circular
frequency, k ¼ o=b ¼ shear wavenumber, b ¼ shear
wave propagation velocity, and ES ¼ ro2S2 = average
energy density of shear waves (r = mass density,
2 4 6 8

2 4 6 8

2 4 6 8

<ui(XA)u*j (XB)>

Im(G22(XA,XB))

e (s)

rces

rces

ces

ns are computed with 20, 100, and 5,000 sources, for the scalar
es the retrieval, the G22 function is better achieved.
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S2 = average spectral density). Note that the asterix implies
the complex conjugate and the angular brackets mean azi-
muthal average. Equation 1 is the analytical consequence
of a correlation-type elastic representation theorem and
has been verified recently in canonical examples of a full
space (Sánchez-Sesma and Campillo, 2006) and for an
elastic inclusion embedded in a full space and for more
general circumstances (Sánchez-Sesma et al., 2006,
2008). For the scalar case it is possible to compare the
Green´s function retrieval from correlations. In Figure 4,
we show how the G22 function is retrieved taking into
account 20, 100, and 5,000 sources. The correlations are
computed with these numbers of sources, and we can see
that as the number of sources considered increases, the
retrieval is better achieved.
Energy densities at given points and directions
In what follows we compute the theoretical energy density
at a given point xA: In order to do so we rewrite Equa-
tion 24 assuming xA = xB:

EðxAÞ ¼ ro2 umðxAÞu�mðxAÞ
 �

¼ �2pmESk
�1 � Im½GmmðxA; xAÞ
;

(25)

where m ¼ shear modulus. The energy density of shear
waves ES is a measure of the strength of the diffuse illumi-
nation. We see that the total energy density at a point is
proportional to the imaginary part of the trace of the Green
tensor for coincident receiver and source.

Note that this is possible because the singularity of
Green’s function is restricted to the real part. The imagi-
nary part is finite and regular and represents the rate of
energy injected by the unit harmonic load at that point.
This quantity “detects” the energy that goes back to the
source-receiver and may be used to imaging. Equation 25
is valid even if the summation convention is ignored. In
that case EðxAÞ  EmðxAÞand the energy density is asso-
ciated to a particular direction (for discussions see Perton
et al., 2009 and Snieder et al., 2009).

To illustrate these ideas from theoretical point of view
let us consider again the Stokes’ (1849) solution. It is pos-
sible to show that

Im½Gijðx; xÞ
 ¼ � o
12pr

1

a3
þ 2

b3

� �
dij: (26)

This shows that the power injected into the infinite elas-

tic medium by the unit harmonic load grows linearly with
frequency, as expected, it is an isotropic tensor, and the
energy labeled as being related to P and S waves is
injected into the medium with the proportions given by
the principle of equipartition for elastic waves
ES=EP ¼ 2a3=b3. This is more than a fortuitous coinci-
dence. It shows that an uncorrelated set of random forces
uniformly distributed within a medium (simulating multi-
ple scattering) can produce an equipartitioned elastic field,
at least in some part of the elastic domain.
Summary
In this article dynamic elasticity fundamentals are
discussed. This theory is useful to explain the propagation
of elastic waves in solids. Newton’s second law allowed
writing the equilibrium equation within an elastic
medium. Cauchy developed the concept of stress and
strain while Hooke’s idea to relate linearly stress and
strain lead to Navier’s equation which is in fact Newton’s
equation in terms of displacements. It can be solved using
solutions of wave equations for P and S waves, discovered
by Poisson. Both static and dynamic elasticity were devel-
oped in the nineteenth century. However, the first syn-
thetic seismogram was computed at the beginning of the
twentieth century. Plane waves are the simplest solutions
of wave equation and are a key component to study elastic
wave propagation in layered media and surface waves.
The Green’s functions in time or frequency domain are
the solutions for an impulsive or harmonic point load,
respectively. The canonical case of an infinite homoge-
neous space is due to Stokes (1849) and is given here.

It has been recently discovered that the Green’s function
can be retrieved from averaging correlations of a diffuse
field. This applies for a very general medium. The relation-
ship of energy and Green function allows establishing
identities between average normalizedmeasurements (cor-
relations or autocorrelations) and intrinsic properties of the
medium (imaginary part of Green function between two
points or at the source itself) and opens the door to use
noise measurements to construct virtual sources and do
medium characterizations of unprecedented quality.
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Definition
Lithophile. Affinity for silicates
Chalcophile. Affinity for sulfur
Siderophile. Affinity for metals
BSE. Bulk Silicate Earth refers to primitive silicate mate-
rial in the Earth from which the core is separated. Corre-
sponds to the total mantle + crust system of silicates now.
P, T. Pressure, temperature
TW. Terawatt. 1 TW = 1012 W
DK. Concentration of K in Fe-alloy ⁄ Concentration of K in
silicate melt.
GPa.GigaPascal =109 Pascals (1 GigaPascal is equivalent
to 10 kilobars of pressure)
Geoneutrinos. Electron antineutrinos produced inside the
Earth due to b– decay of naturally occurring radioactive
elements in the Earth.
Oxygen fugacity, fO2. A measure of the oxidation state of
a system irrespective of the presence or absence of a gas
phase containing free oxygen.
IW buffer. Iron–Wustite buffer. A synthetic redox mineral
reference buffer representing the oxygen fugacity of
a system where Femetal is in equilibrium with FeO
(wustite), according to the reaction Femetal + ½O2 =
FeO (wustite). The IW buffer corresponds to log fO2 =
�12.5 at 1,200�C.

Introduction
The Earth is a thermal engine driven by its internal heat.
The bulk of this heat is produced by the elements
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
potassium (K), uranium (U), and thorium (Th) through
the radioactive decay of their isotopes 40K, 235U, 238U,
and 232Th. Table 1 lists the atomic percentages, radioac-
tive decay constants, half-life, and heat production charac-
teristics of these radioactive isotopes.

Because K, U, and Th are strongly lithophile, differen-
tiation of the Earth into a metallic core and a silicate
primitive mantle (BSE) will have partitioned them over-
whelmingly into the BSE. A long-standing convention is
that the radioactivity of the BSE represents the total radio-
activity of the Earth and that the metallic core has
no radioactivity (e.g., McDonough, 1999, 2003). How-
ever, radioactivity in the core has come into focus due to
recent developments in three areas: (1) modern high P, T
experiments on the metal-silicate partitioning behavior
of K and U; (2) theoretical and experimental advances in
our understanding of the electronic structure of potassium
under conditions of high pressure and temperature; and
(3) thermal models of the core that satisfy the size
and age of the inner core and the energy to sustain geo-
magnetic field. Also, it is known that the heat due to radio-
activity in BSE, about 19 TW (e.g., compiled in Lodders
and Fegley, 1998), falls short of the surface heat flux esti-
mated at 30–44 TW (Lee, 1970; Hofmeister and Criss,
2005; Pollack et al., 1993). This shortfall is suggestive
of either a higher than BSE radioactive content of the man-
tle and/or radioactivity in the core (see Murthy, 2006). In
the discussion below, new experimental developments
are emphasized, citing where necessary the models and
calculations that bear upon the radioactivity in the core.

Potassium radioactivity in the Earth’s core
Potassium radioactivity in the Earth’s core has been
a topic of discussion for nearly four decades. Purely on
geochemical grounds, Hall and Murthy (1971) and Lewis
(1971) proposed that K enters the metallic core of the
Earth as a consequence of the presence of sulfur in the core
90-481-8702-7,



Radioactivity in Earth’s Core, Table 1 Important heat-producing radioactive isotopes in the Earth: atomic percentages, decay
constants, half-lives, and heat production values (After Van Schmus, 1995)

Isotope Atomic percentage Decay constant l (year�1) Half-life (years) Specific isotopic heat production (mWkg�1)

40K 0.01167 5.54 � 10�10 1.251 � 109 29.17
235U 0.7200 9.85 � 10�10 7.038 � 108 568.7
238U 99.2743 1.551 � 10�10 4.468 � 109 94.65
232Th 100.00 4.95 � 10�10 1.401 � 1010 26.38
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(Murthy and Hall, 1970). Since then, the implications of
K in the Earth’s core for the energetics of the core, convec-
tion and core cooling rate, growth rate of the inner core,
the geomagnetic field, and thermal evolution of the Earth
have been noted in several studies (e.g., Verhoogen,
1973; Goettel, 1976; Gubbins et al., 1979; Stevenson
et al., 1983). Early experiments, however, concluded
against the presence of K in the core (Oversby
and Ringwood, 1972; Ganguly and Kennedy, 1977;
Murrell and Burnett, 1986). These low pressure
(1 bar to �1.5 GPa) and low temperature
(1,030–1,350�C) studies yielded very low distribution
coefficients, DK for potassium. The laboratory DK values
applied to core formation led to the conclusion that
K cannot be present in an S-bearing core.

Since these first-generation experiments, we have made
a substantial progress in understanding the partitioning
behavior of elements. For example, we know now that
the partitioning of an element between metal and silicate
depends on a number of variables such as pressure, tem-
perature, oxygen fugacity (fO2), and the composition of
both the metal and silicate melts (Murthy, 1991; Hillgren
et al., 1996; Jana and Walker, 1997; Righter et al., 1997;
Gessmann and Rubie, 1998, 2000; Gessmann et al.,
1999; Li and Agee, 2001; Bouhifd and Jephcoat, 2003;
Chabot et al., 2005). In addition, core formation models
suggest metal-silicate partitioning at a pressure range of
30–60 GPa and a temperature of 3,000–4,000�C (e.g.,
see Rubie et al., 2003 and Chabot et al., 2005 and the dis-
cussion and references cited therein). In the context of
these developments, several new experiments have inves-
tigated the possibility of K-radioactivity in the core.

Chabot and Drake (1999) made the first systematic
study of the effect of some of the variables on
K partition into metal alloys at 1.5 GPa and 1,900�C. They
showed that DK was dependent on the S content of the
metal alloy and on the composition of the silicate melt.
Their experiments yielded low values of DK (�6 � 10�3)
leading to their conclusion that the K content in an
S-bearing metallic core will be trivially small (<1 ppm).
The DK values obtained by Chabot and Drake (1999) are
lower by an order of magnitude and at variance with
a number of later studies. This discrepancy may be due to
their capsule choice (Gessman and Wood, 2002) or due to
other experimental artifacts caused by the extreme lability
of K under experimental conditions (Murrell and Burnett,
1986; Murthy et al., 2003).
Studies of K partitioning at high pressure and tempera-
ture (2.5–24 GPa and 1,500–1,900�C) by Gessman and
Wood (2002) found a significant entry of K into Fe-S-O
alloys. K partition into the metallic liquids depended
strongly on S and O contents of metal alloy and increased
with temperature. K had little tendency to partition into
S-free metal alloys, as was noted in many previous stud-
ies. They show clearly that the partitioning behavior of
K is strongly influenced by anion/cation ratio of the
Fe-sulfide liquid as well as the depolymerization level of
the silicate liquid noted previously by Chabot and Drake
(1999). Evaluating the effect of these and other variables
on DK, Gessman and Wood (2002) suggest the possibility
of 100 ppm of K content in a core containing about 10%
S and possibly up to a maximum of �250 ppm for condi-
tions relevant to core separation from a deep magma
ocean.

Murthy et al. (2003) found a significant partition of
K into Fe–FeS liquids in experiments at 1–3 GPa at tem-
peratures above the liquidus of both metal and silicate
phases (1,200–1,800�C) and at fO2 �1.5 log units below
IW buffer, corresponding to core separation conditions
in a magma ocean (Walter and Thibault, 1995; Chabot
and Agee, 2003; Chabot et al., 2005; Wade and Wood,
2005). DK seemed positively correlated with temperature
as noted in previous studies but not correlated with pres-
sure in the pressure range of the experiments. Extrapolat-
ing to deep magma ocean conditions and a core with
�10% S, the inferred K content is 60–130 ppm, a little
lower but comparable to that inferred by Gessman and
Wood (2002).

Bouhifd et al. (2007) studied the partition of K between
silicates and FeS-rich alloy and pure Fe metal at 5–15 GPa
and a temperature of 1,900�C at an fO2 between 1.5 and 3
log units below IW buffer. DK was clearly positively cor-
related to S and O contents of the metal alloy and temper-
ature as observed in previous experiments. In the pressure
range of their experiments, no pressure dependence of DK
was observed both in sulfur-free and sulfur-bearing metal
alloys. A parameterization of all existing DK data showed
a linear relationship between DK and temperature,
a relationship useful to predict DK values at plausible tem-
perature relevant to core formation if the S and O contents
of the core are known. For reasonable assumptions of
S and O contents, Bouhifd et al. (2007) found K content
of �250 ppm in the core. If the core is free of S and O,
the K content falls as low as �25 ppm.
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Partitioning experiments between peridotite silicate liq-
uids and Fe-Ni-S-C-O melts at pressures of 1.0–7.7 GPa
and temperatures of 1,650–2,200�C by Corgne et al.
(2007) did not find any relationship between DK and
temperature, as observed by Gessman and Wood (2002),
Murthy et al. (2003), and Bouhifd et al. (2007). Nor did
they find any dependence of DK on the S content of
metal alloy, as found in Chabot and Drake (1999),
Gessman and Wood (2002), Murthy et al. (2003) and
Bouhifd et al. (2007). A compositional control on DK by
the O content of the metal alloy was observed leading to
their conclusion that a core containing S, C, and about 2
wt.% O could only have up to 25 ppm of K irrespective
of the S and C levels. For a possible O content of �5 wt.
% (Badro et al., 2007), the K content of the core is �80
ppm. However, the discrepancy between this work and
the other recent studies is unresolved at present.

Quantum mechanical calculations predict a change in
electronic structure of K at high pressures (from 4d-like
orbitals to 3s-like orbitals), making K behave like a transi-
tion element (Bukowinski, 1976; Lee et al., 2004). This
prediction is experimentally confirmed by the work of
Lee and Jeanloz (2003) that showed the alloying
of K with a high-pressure polymorph of Fe at pressures
>26 GPa and temperature 2,500 K. The change in chemi-
cal bonding behavior of K under pressure is noted in
several other experiments (Ito et al., 1993; Parker et al.,
1996; Hirao et al., 2006; Bouhifd et al., 2007). These
experiments and calculations show that K entry into
a Fe-metal core is facilitated by high temperatures and high
pressures, making it siderophile at extreme conditions.

Radioactivity in the core is suggested in a number of
studies concerned with the age and size of the inner core,
and the energy required to sustain the geomagnetic field.
Radioactivity in Earth’s Core, Table 2 A comparison of inferred v
models, theoretical calculations, and recent experiments, and the c

Method K abundance in Core (ppm) H

Geochemical Models
BSE Models 0 0
E-chondrite 550 � 260 �
Geophysical and 200–400 –
Geodynamo Models 250–750 –

Up to 1,420 9
400 �
300 –

Experiments
Sulfur-bearing alloys <1 0

100–250 0
60–130 0
�250 �
�25–80 0

Fe-metal
�25 0
�7,000a –
35 0

aFor realistic conditions of core segregation, K in core will be much le
The estimated core–mantle boundary (CMB) heat flux is
6–12 TW (Buffett, 2003) and controls the rate of core
cooling. Recent studies (Buffett, 2003; Nimmo et al.,
2004; Costin and Butler, 2006) have examined the ques-
tion of how best to reconcile the CMB heat flux with the
size of inner core, the �3.5 Ga history of the magnetic
field, and the CMB temperature. These authors note that
the presence of K in the core at �200–400 ppm is in best
accord with the present size of the inner core and the
power needs of a geomagnetic dynamo. Using somewhat
different parameters, similar conclusions have been
reached by others (for example, Labrosse, 2003; Buffett,
2003; Butler et al., 2005; Costin and Butler, 2006). Thus,
it appears that a variety of thermal models of the core call
for an additional heat source in the core. In view of the
recent experimental data, it is reasonable to attribute this
at least in part to the radioactivity of K. However, no pre-
cise estimates are possible at present. A more definitive
evaluation of the influence of temperature, pressure, and
other variables on K partitioning into metal alloys is
needed. There is also an uncertainty of the mantle
K content at the time of core separation (Murthy, 2006)
although the convention is to use the model BSE content
of �240 ppm. Nor are the S and O contents of the core
known. Given these caveats, a core K content of up to
250 ppm of K seems tenable. The corresponding radioactive
heat production in the core, especially with any accompany-
ing U and Th (see discussion below) would be �2 TW,
a significant fraction of the CMB heat flux. However, the
uncertainty of these figures cannot be overemphasized.
Table 2 summarizes the current estimates of K-radioactivity
in the core from standard geochemical models, thermal
modeling of the core, and recent high P, T partition
experiments.
alues of potassium abundance in the core from geochemical
orresponding heat production in terawatts (TW = 1012 W) today

eat production in Core (TW) Reference

McDonough (1999, 2003)
4–5 Lodders (1995)

Buffett (2003)
Labrosse (2003)
Roberts et al. (2003)

3 Nimmo et al. (2004)
Costin and Butler (2006)

.01 Chabot and Drake (1999)

.8–2.0 Gessman and Wood (2002)

.4–0.8 Murthy et al. (2003)
1.5 Bouhifd et al. (2007)
.2–0.5 Corgne et al. (2007)

.17 Bouhifd et al. (2007)
Lee and Jeanloz (2003)

.23 Hirao et al. (2006)

ss (see discussion in Lee and Jeanloz, 2003, 2004)
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U (and th) radioactivity in the Earth’s core
There have been some attempts to evaluate the presence of
U (and Th) in the core. Earlier experiments were largely at
low pressure and low temperature. Furst et al. (1982)
noted that under the highly reduced conditions relevant
to core formation in the Earth, U and Th tend to become
chalcophile (affinity for sulfur) and might enter a sulfur-
bearing core. The chalcophile tendency of U under these
conditions is confirmed by Murrell and Burnett (1986)
and in the recent high P, T experiments described later.
Feber et al. (1984) noted the significant solubility of
UO2 in impure Fe-metal at 1 bar pressure and at tempera-
ture >3,000 K suggesting that significant U could be pre-
sent in the core. In a series of detailed experiments,
Murrell and Burnett (1986) measured the partitioning of
K, U, and Th between silicate and sulfide liquids at low
pressures (1 bar to 1.5 GPa) and found that U and Th tend
to be less lithophile under reducing conditions and are
markedly chalophile and partition at greater levels than
K into Fe–FeS liquids.

The high P, T partitioning experiments of U described
below yield somewhat ambiguous results. Bao et al.
(2005, 2006) investigated the partitioning of U between sil-
icate melt and pure Fe liquids at pressures of 3.0–14.5 GPa
and temperatures of 1,660–2,500�C. They found that parti-
tion of U into themetal is dependent onwhether the silicates
were molten or solid and increases with both P and T. They
found a similar P and T dependence of U in Fe-10 wt%
S and Fe-35wt% S liquids, with a positive dependence on
S content of the metal phase. Inferred values for U content
in core are in the range of 1–4 ppb for pure Fe and at least
10 ppb for 10wt% S in core. At these latter levels, U alone
can produce 1–2 TW of heat energy. Together with K,
radioactivity in the core can then account for a significant
fraction of the CMB heat flux. In contrast to these observa-
tions, Wheeler et al. (2006) found that U entry into core is
not supported in their experiments for conditions up to
10 GPa, 2,300�C and 28 wt% S at fO2 about 2 log units
below IW. The discrepancy between these two studies is
not understood.

Malavergne et al. (2007) found that U partitioning into
core metal is dependent on S content and highly reducing
conditions ( fO2 about 4–5 log units below IW buffer) and
at temperatures up to 2,400�C and 20 GPa. These experi-
ments permit a range of 0.0003–0.63 ppb U in core
depending on whether the metal is S free or S rich.
In experiments at temperatures of 2,200–2,400�C and
pressures up to 8 GPa, under very low oxygen fugacity
(�4 log units below IW), Murthy et al. (2007) found
U partitioning into metal to be positively correlated with
S content. The data permit U concentration in the core of
1–2 ppb with a heat production of 0.1–0.3 TW.

In a series of papers, Herndon (see for example,
Herndon, 1998, 2006, and references to his work cited
therein) has argued that gravitationally segregated U in the
core functions as a nuclear reactor to provide substantial
energy. In order to segregate uranium into the core, the
core–mantle differentiation needs to have occurred at fO2
of about 4–5 log units below IW buffer (Malavergne
et al., 2007). Such a scenario would have reduced most iron
in the planet to metallic form, leaving little oxidized iron in
the mantle. This is not supported by the fact that the mantle
contains�8%of oxidized iron. Themantlewould also have
been strongly depleted in Ta under such a low oxidation,
which is not the case (Mann et al., 2009). Current ideas of
core formation based on siderophile element partitioning
in the mantle suggest a much higher oxygen fugacity of
about 2 log units below IW. Schuiling (2006) discusses
other difficulties of the Herndon proposal.

Conclusions
There have been many theoretical discussions of radioac-
tivity in the Earth’s core in the past. But it is the new high
P, T experiments of metal-silicate partitioning of K and
U that urge a serious consideration of radioactivity in the
Earth’s core. The experimental data could permit up to
250 ppm of K and up to 10 ppb of U in the core at the
upper end. The corresponding heat production due to
K and U (and associated Th) could be �2–4 TW,
a significant fraction of the CMB heat flux. As mentioned
in the section on K-radioactivity, the uncertainty in these
numbers is very large. It may not be possible to precisely
determine the radioactivity of the core by currently avail-
able geochemical and geophysical analyses except to note
the general possibility of radioactivity in the core.

Away out of this impasse may now be available. Radio-
active b� decays of K, U, and Th in the interior of the
Earth produce electron antineutrinos (ne).

These are termed geoneutrinos, and can serve as probes
to directly measure the radioactivity of the Earth’s mantle
and core (e.g., Raghavan et al., 1998; Rothschild et al.,
1998; Mantovani et al., 2004; Enomoto et al., 2005;
Fiorentini et al., 2005; Giammarchi and Miramonti,
2006). Geoneutrino flux measurements use the antineu-
trino inverse b-decay reaction with protons,
ne þ p ! eþ þ n in an appropriate liquid in a scintillator
chamber. The resulting positron and neutron emissions
are then measured by usual scintillation techniques.
Geoneutrinos from each radioactive isotope can be distin-
guished by their characteristic energy spectrum. Neutrino
detectors exist now in several countries, and new ones less
susceptible to interference by nuclear reactors and other
near surface radioactive sources are planned. These devel-
opments in neutrino geophysics should be able to measure
the U and Th abundances in the deep Earth and the core.
Present detection techniques do not allow measurement
of K due to the lower energy of its antineutrinos compared
to those from U and Th decay. Further developments are
needed for K determination. Geoneutrino measurements
are likely to provide a definitive answer about the level
of radioactivity in the core and in addition clarify several
questions regarding the Earth’s formation, differentiation,
chemical composition, heat budget, and geodynamics
(Sleep, 2006).
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Definition
Radiogenic heat production rate. Physical property
defining the amount of heat liberated in unit time in
a unit volume of rock by the decay of unstable radiogenic
isotopes; dimension: W m�3.
Geoneutrino. An electron antineutrino emitted in
b-decay of nuclei during radiogenic heat production
caused by the decay of the unstable isotopes 238U,
232Th, and 40K.
eV (electron Volt). A non-SI unit of energy in nuclear phys-
ics, defined as the kinetic energy gained by an electron of
elementary charge when accelerating through an electric
potential difference of 1 V. Thus, one electron Volt equals
one Volt, which is one Joule per Coulomb, multiplied by
the electron charge of e = 1.602 176 487(40) � 10�19 C.
Therefore, 1 eV = 1.602 176 487 � 10�19 J.
ppm (parts per million). A non-SI unit of relative fre-
quency (or abundance) in 10�6, similar to % (percent) or
% (per mil) in 10�2 and 10�3, respectively.

Radiogenic heat generation
The main interior sources of heat in the Earth are the heat
content of the infant Earth immediately after formation
due to gravitational contraction and the decay of unstable,
radioactive isotopes. The potential energy released as
heat during the gravitational accretion of the infant Earth
dwarfs all other heat sources. This energy is calculated
from gravitational contraction. The mass accumulated in
a spheroidal planet of constant density r and radius r
equals m = (4p/3) r3r. Addition of a further shell of
thickness dr and mass dm = 4p r2r dr results in the
release of additional potential gravitational energy dEp =
G m dm/r = (16/3) p2 G r2 r4 dr, where G = 6 673 �
10�11 m3 kg�1 s�2 is the universal gravitational constant.
Integration yields:

Ep ¼
ZrE

0

dEp ¼
ZrE

0

Gm
r

dm

¼ 16p2 r2 G
3

ZrE

0

r4 dr ¼ 16p2 r2 G
3

r5

5

¼ 4p r3Er
3

� �
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2
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5 rE

¼ 3
5
GM2

E

rE
;

(1)

where ME = 5.976 � 1024 kg and rE = 6.371 � 106 m are
mass and radius of the Earth, respectively. Accordingly,
the accretion of the Earth results in the release of heat on
the order of Ep = 2.24� 1032 J. A refined analysis consid-
ering the radial variation of density in the Earth modifies
this value by only about 10% to Ep = 2.49 � 1032 J
(Stacey and Davis, 2008).

An additional, similarly large energy input is assumed
to have occurred in the wake of an impact into the young
infant Earth by a Mars-sized protoplanet orbiting the sun
close to the Earth’s orbit. The terrestrial Moon is generally
believed to be the result of this impact, which released
energy on the order of 1031 J (Melosh, 1990; Canup and
Righter, 2000; Canup and Asphaug, 2001). However,
most of the vast energy liberated during accretion of the
Earth or by this impact was radiated back into space
already during accretion or immediately after the impact
(Stacey and Davis, 2008).

For an average specific heat capacity of 1 088 J kg�1 K�1

and a cooling by 650 K over a lifetime of 4.6 billion years,
the mean rate by which the Earth is losing its original heat is
29 TW (Vacquier, 1991, 1992). This corresponds to
a thermal energy of 4.2 � 1030 J. As the heat loss of the
young and hot infant Earthwas larger than today, the contri-
bution of original heat to today’s heat loss is certainly
smaller. A larger cooling by 1175 Kwould result in a mean
cooling rate of 52 TW corresponding to a thermal energy of
7.6 � 1030 J (Stacey and Davis, 2008).

The annual production of radiogenic heat in the Earth,
6.3 � 1020 J (Jaupart et al., 2007), corresponds to more
than twice the global production of primary energy in
the year 2000. This huge energy source by itself clearly
exceeds the world’s energy annual demands predicted
through the year 2030 (IEA, 2008). If it were used at great
scale, it may satisfy a large proportion of the primary
energy demand of the entire twenty-first century.

Apart from the heat content of the infant Earth immedi-
ately after formation, the radiogenic decay of the unstable
isotopes of uranium (238U; 235U), thorium (232Th), and
potassium (40K) provides the largest internal source of
heat. Most of these isotopes are enriched in the Earth’s
crust and mantle (Table 1). During radioactive decay, mass
is converted into energy. Except for the tiny amount asso-
ciated with the antineutrinos and neutrinos generated in
b�- and b+-decay or electron capture, respectively, all of
this energy is converted into heat. Certain peaks in the
corresponding g-spectra are characteristic for the different
decay series while the continuous background spectrum is
due to Compton scattering and photoelectric absorption.

The two uranium isotopes, 238U and 235U, decay
into lead, 206Pb and 207Pb, with a half-life of 4.5
and 0.71 billion years, respectively. Characteristic
lines for the g-spectrum of the 238U decay series, for
example, are produced by the daughter element bismuth,
214Bi, at 609 keV, 1120 keV, and 1 764 keV.Uranium is an
abundant mobile trace element in many rocks. With
a half-life of 14.1 billion years, thorium 232Th decays
also into lead 208Pb. Characteristic lines for the
g-spectrum of the thorium decay series are produced by
the daughter elements thallium, 208Tl, or actinium,
228Ac, at 584 keV and 2 615 keV or 912 keV and
966 keV, respectively. Thorium also occurs as a trace
element, is relatively inactive chemically and frequently
bound to clay minerals. The only unstable isotope of
potassium is 40K. It disintegrates by electron capture
or emission into argon, 40Ar, or calcium, 40Ca, respec-
tively, with a corresponding characteristic line in the



Radiogenic Heat Production of Rocks, Table 1 Average radiogenic heat generation rate per mass, A0, in geologic materials (data:
McDonough and Sun, 1995; Stacey and Davis, 2008; Jaupart et al., 2007)

Material

Concentration (ppm by mass)
Heat generation
(10�12 W kg�1)

CU CTh CK CK/CU A0

Igneous rocks Granites 4.6 18 33 000 7 000 1 050
Alkali basalt 0.75 2.5 12 000 16 000 180
Tholeiitic basalt 0.11 0.4 1 500 13 600 27
Eclogite 0.035 0.15 500 14 000 9.2
Peridotite, dunite 0.006 0.02 100 17 000 1.5

Meteorites Carbonaceous chondrite 0.0074–0.0080 0.029–0.030 544–550 20 000 5.2
Moon Apollo samples 0.23 0.85 590 2 500 47
Earth Average crust (2.8 � 1022 kg) 1.2–1.3 4.5–5.6 15 500 13 000 293–330

Average mantle (4.0 � 1024 kg) 0.013–0.025 0.040–0.087 70–160 2 800 2.8–5.1
Average core 0 0 29 – 0.1
Bulk silicate Earth (BSE) 0.020 � 20% 0.081 � 15% 118 � 20% 5 400 4.7 � 0.08
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g-spectrum of the potassium decay at 1 460 keV. Potas-
sium occurs in many clay minerals at concentrations of
several percent.
Tabulated data
The compilations of measured radiogenic heat generation
rate which are reported in several research papers and
reference books will not be duplicated here. Čermák
and Rybach (1982) present a large collection of data
arranged according to rock type. Van Schmus (1984,
1995) presents data on the abundance of radiogenic iso-
topes in various minerals and rocks of the Earth’s crust
and mantle and discusses the variation of radiogenic heat
generation over the lifetime of the Earth. Stacey and Davis
(2008) present data on average mass specific heat genera-
tion rates for various geologic materials, and Jaupart et al.
(2007) discuss radiogenic heat sources in the Earth’s crust
and mantle. They provide an in-depth discussion on cur-
rent models for the composition of a bulk silicate Earth
(BSE), that is, the Earth’s crust and mantle without the
core: These are based on data from samples of either
(1) meteorites considered representative for the starting
material and high-temperature processes in the early
solar nebula when the Earth accreted or (2) upper mantle
rocks formed by low-temperature processes. As can be
expected, both show large variations in composition due
to their different provenance and history.

Chondrites are considered representative of undiffer-
entiated silicate material from the solar system prior to
melting and the formation of a (mainly) iron core. Differ-
ent classes of chondrites correspond to perturbations in
elemental abundance in the gas state caused mainly by
volatility or condensation temperature. The important ele-
ments with respect to radiogenic heat generation are ura-
nium, thorium, and potassium. As elaborated by Jaupart
et al. (2007), the first two condensate at very high temper-
ature, why they are called “refractory lithophile” elements.
They show the same ratio in all types of chondritic mete-
orites, which demonstrates that they behave similarly
in the early solar system. In contrast, potassium is a
“moderately volatile” element with a lower condensation
temperature. The best agreement with solar concentration
ratios is found for carbonaceous chondrites of the CI type
of which, however, McDonough and Sun (1995) report
only five finds. Compositional data exist only for three
of them, in particular for the 700 g meteorite found near
Ivuna in Tanzania in 1938 from which the name “CI” is
derived for this type of carbonaceous chondrite. However,
chondrites are known to be more enriched in volatiles such
as H2O and CO2 than the Earth.

Samples from the Earth’s mantle are called pyrolites,
a contraction of the names of two principal mantle
minerals, pyroxene and olivine, making up the comple-
mentary rocks peridotite and basalt. Because the former is
the solid residue of the partial melting event which pro-
duced basalts, a mixture between the two was considered
a suitable starting material, the pyrolytic mantle. Generally,
pyrolite data suffer from leaching of uranium during low-
temperature alteration. As most samples derive from the
upper mantle, it has been questioned whether the pyrolytic
composition adequately represents a bulk silicate Earth.

A third approach discussed by Jaupart et al. (2007)
avoids a specific choice of a starting composition but
determines it from the intersection of the two composi-
tional trends of chondritic meteorites and peridotites.
A source of error in this approach derives from the scatter
in the two trends.

A fourth method proceeds from the elemental ratios of
uranium and thorium and determines the primitive bulk
Earth abundances from measurements on peridotites.
Again, Jaupart et al. (2007) provide a concise introduction
into this method. Table 1 summarizes mass-specific radio-
genic heat generation rates for terrestrial rocks, meteorites,
Moon surface samples, and average values for the Earth’s
crust, mantle, and a bulk silicate Earth (BSE).
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Calculated heat generation rate
The energy emitted by all of these decay processes com-
prises the kinetic energy of the emitted particles and the
g-radiation associated with the different decay processes.
It is absorbed in the rocks and finally transformed into
heat. In general, the total heat generation rate A of a rock
is the sum of the individual contributions AU, ATh, and
AK by uranium, thorium, and potassium, respectively:

A ¼ r CU A
0
U þ CTh A

0
Th þ CK A

0
K

� �
; (2)

where r is rock density, and A0 and C are heat generation
rate per mass and concentration, respectively, of the
corresponding element in the rock. Table 2 shows values
for A0 reported by different authors. The variation is less
than 3%, at most.

Thus, if a rock’s density r and its concentrations in ura-
nium (CU), thorium (CTh), and potassium (CK) are known,
its radiogenic heat generation rate A can be determined.
Inserting the values, for example, of Rybach (1988) from
Table 2 into Equation 2 yields:

A mWm�3
� � ¼ 10�5 � r kgm�3

� �� 9:52� CU ppm½ �ð
þ 2:56� CTh ppm½ � þ 3:48� CK %½ �Þ;

(3)

where concentrations are given in weight-ppm (i.e.,
10�6 kg kg�1) for uranium and thorium and in weight-%
for potassium.

The natural g-radiation of rocks can be measured, for
instance, by spectrometry on rock samples in the labora-
tory (see Measuring Techniques). An alternative source
of g-spectra is the natural gamma spectrometer (NGS)
borehole tool which yields as output the three logs URAN
[weight-ppm uranium], THOR [weight-ppm thorium],
and POTA [weight-% potassium]. In combination with
density RHOB from the compensated density log
[g cm�3], this information can be used directly to obtain
the bulk heat generation rate A from Equation 2 using
any of the values for A0

U, A0
Th, and A0

K from Table 2.
Alternatively, for lack of spectra, the total g-ray emis-

sion GR may be used, measured either in the laboratory
or by suitable logging tools in boreholes. A g-ray (GR)
log is often included in most logging runs as one of the
basic geophysical measurements in boreholes. Its reading
reflects the combined radioactive decay of uranium,
thorium, and potassium. However, it does not yield
Radiogenic Heat Production of Rocks, Table 2 Heat generation
(Clauser, 2009)

A0
U (mW kg�1) A0

Th (mW kg�1) A0
K (mW kg�1) Dat

97.0 27.0 0.0036 Birc
97.7 26.3 0.0034 Ham
96.7 26.3 0.0035 Em
95.2 25.6 0.00348 Ryb
information on the individual contributions as it records
the total number of g-rays detected by the tool during
a time interval. The relative gamma activities of uranium,
thorium, and potassium, that is, the relative number of
g-rays emitted by the same mass during the same time
interval are shown in Table 3.

Therefore, if POTA, THOR, and URAN are recorded as
percent, ppm, and ppm, respectively, the gamma ray log’s
reading GR is proportional to the corresponding contents
(Beardsmore and Cull, 2001):

GR ¼ X� POTAþ 0:13� THORþ 0:36� URANð Þ;
(4)

where the proportionality X varies with the radius of sen-
sitivity of the log for detecting g-rays. This varies with
a number of factors, but lies within a few decimeters, at
most, and can be approximated as constant for a given
borehole (Beardsmore and Cull, 2001). Then, bulk heat
generation rate A can be related to GR by combining
Equations 2 and 4 using the data of, for example, Rybach
(1988) from Table 2:

A mWm�3½ �
GR API½ �
¼ 10�3�RHOB gcm�3½ �� 34:8�POTA %½ �þ 25:6�THOR ppm½ �þ 95:2�URAN ppm½ �ð Þ

X API½ �� POTA %½ �þ 0:13�THOR ppm½ �þ 0:36�URAN ppm½ �ð Þ ;

that is :

A mWm�3
� �¼ 0:0348

X API½ � � RHOB gcm�3
� �

�GR API½ � POTA %½ � þ 0:736 � THOR ppm½ � þ 2:736� URAN ppm½ �ð Þ
POTA %½ � þ 0:130 � THOR ppm½ � þ 0:360� URAN ppm½ �ð Þ|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

Y

¼ 0:0348 RHOB�GR�Y
X

� �
:

(5)

Y in Equation 5 still contains the unknown relative

elemental abundances. However, it turns out that
the range for Y is limited between 1 � Y < 7.6 for
the two extreme cases when either 0 = THOR = URAN
and POTA > 0, or 0 = POTA = THOR and URAN >
0. Beardsmore and Cull (2001) argue that in regions in
which sediments have been derived from a common
source through time the relative proportions of the ele-
ments in Equation 5, and hence Y, should remain
relatively constant with depth. Thus, Beardsmore and
Cull (2001) maintain that a plot of A (derived, e.g.,
from a NGS log) versus RHOB � GR should yield
a gradient, which depends only on the relative
rate per mass, A0, for uranium, thorium, and potassium

a source

h (1954) cited in Jessop (1990)
za and Beck (1972) cited in Jessop (1990)

sley (1989) and Jessop (1990) cited in Beardsmore and Cull (2001)
ach (1988)



Radiogenic Heat Production of Rocks, Table 3 Relative
gamma activity of uranium, thorium, and potassium (data
source: Adams and Weaver (1958) and Emsley (1989) referred to
in Beardsmore and Cull (2001))

Element 238U 232Th 40K

Half-life (Ga) 4.47 14.1 1.28
Relative g-activity 3 600 1 300 1
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proportions of the radioactive elements in the sedi-
ments and should be similar over any region containing
sediment derived from the same source.

An alternative empirical relationship was published
by Bücker and Rybach (1996), which does not require
information on the relative proportions of the radioactive
elements in the rock. It relates bulk heat generation
rate A to total g-ray emission GR recorded by borehole
tools as

A mWm�3
� � ¼ 0:0158 GR API½ � � 0:8ð Þ: (6)

This relation has been successfully tested on a number

of data sets where both NGS and GR logs were available.
As the relations in Equations 3 and 6 are based on mea-
surements mostly on igneous rocks, caution is required
when applying them to sedimentary rocks.

Measuring techniques
A number of different analytical methods are available for
determining the concentrations of uranium, thorium, and
potassium. An inter-laboratory comparison of different
methods on selected materials yielded consistent results
within a few percent (Rybach, 1988). However, among
all other methods, g-ray spectroscopy is the only one
which enables determining all three concentrations simul-
taneously. It implies secular equilibrium within the ura-
nium and thorium decay series and a constant 40K/K
ratio, both of which are satisfied for most rock types
(Rybach, 1988). The method is based on counting the
number of decays per energy channel. Commercial spec-
trometers will offer, for instance, 2 048 channels for mea-
suring decays in the energy range of 0–3 000 keV, yielding
a resolution, in this particular case, of 1.46 keV per chan-
nel. In performing measurements, it is important to realize
that radioactive decay is a stochastic process. Therefore,
decays need to be recorded over a sufficiently long time.
In view of the minute U-, Th-, and K-concentrations, and
depending on crystal size and sensitivity, this may imply
recording times on the order of several hours. Addition-
ally, a possible sampling bias needs to be considered when
selecting samples for measurements.

The interpretation of g-ray spectroscopy relates the ele-
mental concentrations C linearly to the corresponding
counting rates N in the energy channel x by the
corresponding coefficient h(x): N(x) = h(x) C. Thus, the
total count rate due to the decay of uranium, thorium,
and potassium in the energy channel x is given by:
NðxÞ ¼ hUðxÞCUðxÞ þ hThðxÞCThðxÞ þ hKðxÞCK:

(7)

The coefficients h depend mainly on the characteris-

tic spectra of the radioactive elements, but also on the
geometry of the sample, the geometric configuration
of the measurement, and on the efficiency and sensitiv-
ity of the detectors. Thus, g-spectroscopic measure-
ments require calibration based on samples of known
elemental concentrations. This enables accounting for
the influence of the geometry of the detectors. Addi-
tionally, possibly variable sample geometry needs to
be addressed separately. Three different effects require
attention (Adams and Gasparini, 1970): (1) Variation
of the continuous background spectrum may occur if
the background radiation was determined with an
empty sample chamber in which no absorption of the
natural background radiation occurs. This can be
avoided by measuring the background radiation using
a nonradioactive sample of equal size and similar den-
sity, such as water-filled plastic tubes; (2) Deformation
of the spectrum may occur if a larger sample volume
increases the likelihood for internal Compton scattering.
Thus, larger samples are characterized by a decreased
peak size and an increased level of the continuous spec-
trum; (3) Radiation self-absorption of a fraction of the
g-radiation emitted within the sample reduces the
g-radiation recorded at the detector. Self-absorption
increases with sample thickness d and reduces the count
rate N by a factor

F ¼ 1� e�m d	 

m d= ; (8)

where m is the absorption coefficient (Watt and Ramsden,
1964). The joint effect of spectrum deformation and self-
absorption is quantified by measurements on potash salt
standards. While the absolute 40K-concentrations are
unknown, the relative variations reveal the influence of
variable sample diameters. Theoretically, the total activity
is proportional to the sample cross section, that is, to the
square of the sample diameter. In plotting the count rate
versus sample diameter one finds, however, a smaller
exponent of only 1.5. Thus, the remainder of the radiation
is either absorbed within the sample or transferred to other
energy bands.

The energy peaks in the spectrum are analyzed for find-
ing the elemental concentrations. Theory predicts
a Gaussian normal distribution for the energy peaks. The
count rate N at energy x in the local neighborhood of such
a Gauß peak comprises a contribution of the Gauß peak
itself, G(x), and a linear trend ax + b, describing the back-
ground radiation and the Compton scattering (Adams and
Gasparini, 1970):

N xð Þ ¼ G xð Þ þ axþ b: (9)
Such linear trends need to be removed prior to further
interpretation, for example, by linear regression. Then,
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the area under the peak above the base line corresponds to
the sought total energy. In practice, the count rates within
this area are summed up, or a Gaussian distribution
function

G xð Þ ¼ A e� x�x0ð Þ2 2s2= (10)

is fitted to the corrected peak, where x0 and s are mean
energy and standard deviation of the peak, and A is
a calibration constant. For a Gauß distribution, the peak’s
full width at half maximum (FWHM) is related to s by

FWHM ¼ 2s
ffiffiffiffiffiffiffiffiffiffi
log 2

p
: (11)

The summed up count rates analyzed this way then

need to be calibrated by corresponding measurements on
samples of known concentrations. Finally, this yields the
concentrations of the radiogenic isotopes of uranium, tho-
rium, and potassium.

Heat generation and geoneutrinos
Currently, general hypotheses on possible distributions of
radiogenic heat generating elements in the mantle and core
of the Earth are mainly based on analogies with chondritic
material and direct evidence is lacking. However, as radio-
genic sources produce heat, electron antineutrinos �n are
emitted in b�-decay of nuclei in the decay chains of
238U, 232Th, and 40K. Thus, the heat produced in nuclear
decay is directly related to the antineutrino flux, as shown
in Table 4 (Fiorentini et al., 2003).

Neutrinos are elementary particles that travel close to
the speed of light, are electrically neutral, and can pass
through ordinary matter almost undisturbed. They have
a very small, but nonzero mass. Therefore, neutrinos
are extremely difficult to detect. As the emission of
geoneutrinos is coupled to radiogenic heat generation, this
enables, at least theoretically, a geoneutrino tomography
of radiogenic heat distribution within the Earth. But this
concept is as difficult to implement as it is intriguing. First,
there is a huge flux of cosmic neutrinos which traverses
the Earth from which geoneutrinos need to be distin-
guished: The neutrino flux at the Earth’s surface from
the sun alone is estimated at about 60 � 109 s�1 cm�2

(e.g., Bahcall, 1969). The flux of geoneutrinos is still
on the order of (60–15)� 106 s�1 cm�2 (Fiorentini et al.,
2003).

In spite of this immense flux density, the vanishing
mass of neutrinos requires exceptional sensors for their
Radiogenic Heat Production of Rocks, Table 4 Maximum
antineutrino energy and heat production rates in natural decay
processes (de Meijer et al., 2006; Fiorentini et al., 2005)

Decay reaction Emax (MeV) Heat (mW kg�1)

238U ! 206Pb + 8 4He + 6 e + 6�n 3.25 95
232Th ! 208Pb + 6 4He + 4 e + 4�n 2.25 27
40K ! 40Ca + e + �n 1.31 0.0036
detection: (1) At the Gran Sasso observatory in Italy, the
detector is a tank of 100 t of liquid gallium trichloride
(GaCl3) containing the equivalent of 30 t of gallium at
a subsurface laboratory. Here, antineutrinos are observed
indirectly through the conversion of a gallium nucleus into
a germanium isotope by neutrino capture. For all the high
neutrino flux through the tank, an interaction of a neutrino
and a gallium nucleus occurs only every 35 h. (2) In the
Kamioka Liquid Scintillator Antineutrino Detector
(KamLAND) experiment (Araki et al., 2005), the detector
comprises of a 13 m diameter nylon balloon filled with 1
kt of liquid scintillator consisting of mineral oil, benzene
and fluorescent chemicals. KamLAND is an experiment
at the Kamioka Observatory, an underground neutrino
observatory near Toyama, Japan, built to detect electron
antineutrinos. The experiment is located in the old
Kamiokande cavity in a horizontal mine drift in the Japa-
nese Alps. The detector is housed in an 18 m diameter
stainless steel spherical vessel with 1 879 photomultiplier
tubes mounted on the inner surface. KamLAND is the
first detector to conduct an investigation on geoneutrinos
and may yield important geophysical information. It has
the sensitivity to detect electron antineutrinos produced
by the decay of 238U and 232Th within the Earth. Earth
composition models suggest that the radiogenic power
from these isotope decays is 16 TW, approximately
half of the total measured heat dissipation rate from
the Earth.

A successful antineutrino tomography requires global
sampling and distinguishing between cosmic neutrinos
traversing the Earth and geoneutrinos generated within
the Earth. Recently, a project was proposed to deploy
considerably smaller neutrino detection sensors in
a network of boreholes around the globe (de Meijer
et al., 2006). Time will show whether the significant
technical challenges associated with the construction
of smaller sensors than those in the experiments at the
Gran Sasso and Kamioka observatories can be over-
come and a road opened for an antineutrino tomography
of the Earth.
Summary
The heat produced in the radioactive decay of the unstable
isotopes of uranium (238U; 235U), thorium (232Th), and
potassium (40K) is the largest internal heat source of the
Earth. During radioactive decay, mass is converted into
energy. Except for the tiny amount associated with the
antineutrino and neutrinos generated in b�- and b+-decay
or electron capture, respectively, all of this energy ends up
as heat. The annual production of radiogenic heat in the
Earth equals 8.6 � 1020 J, which is more than twice the
global production of primary energy in the year 2000.
The distribution of radiogenic isotopes in the Earth con-
trols to a large extent the thermal regime of the Earth.
Unfortunately, this distribution is known only with great
uncertainty. Recently, it has become possible to detect
geoneutrinos, that is, antineutrinos emitted during
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radioactive decay of unstable isotopes, in large detectors.
With decreased size and improved accuracy of detectors
together with directional resolution power, an antineu-
trino tomography of the Earth appears to become possi-
ble. Ideally, this would enable locating and quantifying
the distribution of unstable isotopes in the Earth, thus
helping to resolve a number of open questions with
regard to the state and evolution of the Earth’s thermal
regime.
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Definition
Remanent magnetization. Permanent magnetization held
in rocks and other earth materials, commonly, though
not always, dating from cooling to below the Curie tem-
perature (Tc) or Néel temperature (Tn) of the magnetic
minerals in the rock, or the time of formation of the rock
unit.

Introduction
The fact that earth materials, particularly rocks, possess
a permanent magnetization has been known for some
time. Early observations of rocks producing large anoma-
lies were commonly ascribed to lightning strikes. By the
mid-nineteenth century remanence was accepted as
a property of some rocks, and by the early twentieth cen-
tury crude measurements of the direction of magnetization
were possible. During the second half of the twentieth cen-
tury, the measurement of remanent magnetization (RM)
became a well-established research field (see entries under
Paleomagnetism, Principles). RM is a vector quantity,
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having both direction, usually related to the direction of
the Earth’s field at the time of origin, and intensity, related
to both mineral phase and the external field. Descriptions
of remanent magnetization, associated paleomagnetic tech-
niques, and results are detailed in standard paleomagnetic
textbooks such as Butler (1992), McElhinny and McFad-
den (2000), and Tauxe (2010). More detailed discussion
of the theory and development of remanent magnetization
can be found in rock magnetism books, including those
by Nagata (1961), Stacey and Banerjee (1974), O’Reilly
(1984), and Dunlop and Özdemir (1997).

Source of RM
Remanence is a property unique to a small group of min-
erals possessing ferromagnetic or antiferromagnetic prop-
erties, mostly iron oxides and iron sulfides. Remanence is
observable in hysteresis behavior, when, after saturation,
the applied field is reversed and decreased to zero. If the
magnetization does not also return to zero, but retains
a measurable quantity, a remanent magnetization is pre-
sent (Figure 1). This characteristic is temperature depen-
dent, with only some of the mineral phases possessing
remanence at earth surface temperatures.
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Remanent Magnetism, Figure 1 Hysteresis loop of hematite-
dominated sample of the El Laco deposit, northern Chile.
Horizontal axis is the external field, in Tesla; vertical axis is
relative magnetization. Mr indicates the remanent
magnetization left after the sample is saturated and returned to
a zero field.
The most common and important magnetic
minerals on Earth belong to the cubic oxide series
magnetite (Fe2+Fe2

3+O4) – ulvöspinel (Fe2
2+Ti4+O4), and

the rhombohedral oxide series hematite (Fe2
3+O3) –

ilmenite (Fe2+Ti4+O3). Both series have important solid
solution versus temperature relationships, as well as mag-
netic complexities of key interest in the rock magnetism.
Additionally, both series show remanence properties that
varywith composition. Furthermore, the oxide bulk compo-
sitions in the vicinity of equilibrium tie lines between ilmen-
ite and magnetite are found in a majority of igneous and
metamorphic rocks, especially basalts. In these assem-
blages, the slopes of the tie lines are a function temperature,
whereas tie line positions are a function of the oxygen
fugacity of equilibration according to the oxygen
thermobarometer (Buddington and Lindsley, 1964).

End-member hematite is antiferromagnetically ordered
with equal and opposite magnetic moments in alternate
cation layers. However, at room temperature, a weak fer-
romagnetic moment is produced because the alternate
moments are�0.13� away from being perfectly antiparal-
lel (Dzialoshinskii, 1957). This effect is commonly
referred to as “spin-canting” and such hematite is termed
“canted-antiferromagnetic.” Many oxidized sediments
contain hematite, and carry this weak, but very stable mag-
netization, which is mainly due to its high coercivity.

The temperature and composition phase relations of
the hematite-ilmenite series are a result of a complex inter-
action of Fe-Ti ordering and magnetic ordering at high
temperature. Slow cooling to intermediate to low temper-
atures produces exsolution of discrete ilmenite and
hematite (Burton, 1991; Harrison et al., 2000; Ghiorso
and Evans, 2008). Exsolved grains contain two phases,
a host (hematite or ilmenite) and lamellae of the second
phase. Ilmeno-hematite (hematite with ilmenite
exsolution), or hemo-ilmenite (ilmenite with hematite
exsolution) commonly have a strong, and very stable mag-
netization, referred to as “lamellar magnetism.” Lamellar
magnetism is due to a defect magnetic moment at the inter-
face (or contact layer) between the two phases (Robinson
et al., 2002, 2004) where a ferrimagnetic substructure
is present because of the different quantity of Fe2+

and Fe3+ ions in contact Fe layers, as compared to standard
Fe3+ layers in adjacent hematite.

Intermediate members of this series rapidly cooled
from high temperature produce intermediate metastable
phases that are ferrimagnetic and show complicated mag-
netic properties near and below room temperature
(Ishikawa and Akimoto, 1957; Burton et al., 2008;
Robinson et al., 2010) with some compositions with
varied Fe-Ti ordering showing magnetic self-reversal
(Harrison et al., 2005; Ishikawa and Syono, 1963).
Natural remanent magnetization (NRM)
Themagnetization held by a rock sample prior to subjection
to any laboratory procedures is referred to as Natural Rem-
anent Magnetization (NRM). It is the sum total of all
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Remanent Magnetism, Figure 2 Thermoremanent
magnetization plot from a Tertiary basalt, Meseta Lago Buenos
Aires, Argentina. Upper curve labeled TRM represents the
amount of magnetization left after increasing heatings up to
600�C, with nearly 75% of the remanence being removed
between 550�C and 600�C. Lower curve (pTRM) indicates the
percentage of TRM residing within certain blocking
temperatures.
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remanences held in the rock and may include primary as
well as secondary remanences arising from different pro-
cesses. TheNRM is differentiated from inducedmagnetiza-
tion, which a rock may acquire as it sits in an external field,
and loses when the field is removed. Inducedmagnetization
is dependent on the magnetic susceptibility of the material
as well as the strength of the external field. NRM is tradi-
tionally described by the manner of acquisition of the rem-
anences involved, leading to a number of both natural and
laboratory magnetizations, as described below.

Thermoremanent magnetization (TRM)
Igneous rocks, cooling down from a molten state through
the Curie or Néel temperature (Tc or Tn), obtain
a thermoremanent magnetization (TRM) parallel to the
ambient field. For magnetite this temperature is 580�C
while for hematite it is 675�C. At these temperatures the
spontaneous nature of the ferromagnetic material occurs
and remanence is blocked just below this temperature.
The material must cool slightly further to the blocking
temperature (Tb) before this magnetization becomes
locked in with a relaxation time equivalent to geologic
time spans. The direction of remanence, so important to
the whole field of paleomagnetism, becomes permanent
at this point, with a net direction parallel to the ambient
field. The intensity of the magnetization is influenced by
the size of the external field, and by the phase, composi-
tion, and grain size of the ferromagnetic minerals present.

The TRM preserved in igneous rocks is a summation of
the remanences of all the ferromagnetic grains present.
This means there may be a range of Curie temperatures
and related blocking temperatures, giving rise to partial
thermal remanence (pTRM). As a simple case, if a rock
had both pure hematite and pure magnetite grains present,
the hematite grains would lock in the field slightly below
675�C while the magnetite grains would provide addi-
tional remanence once the rock cooled to below 580�C.
Commonly, a combination of oxide minerals of varying
composition provide for remanence acquired at a range
of temperatures. In Figure 2, a plot of pTRM is shown
for a basalt with low Ti-magnetite. Metamorphic rocks
heated to above their Curie temperatures will have the
remanence reset as the material cools down. High grade
metamorphic rocks, such as granulite- and amphibolite
facies rocks, heated to above 600–700�C will have all
the existing magnetic minerals remagnetized in the exter-
nal field at the time of cooling, whereas rocks of lower
metamorphic grade will have only minerals with Tc below
the peak metamorphic temperature completely reset. Néel
(1955) introduced the theory of thermoremanence;
Dunlop (1977) and Dunlop and Özdemir (1997) provide
detailed treatment of the theory.

Detrital remanent magnetization (DRM)
Sedimentary rocks obtain a remanent magnetization in
a very different way. Here the detrital grains settling in
a water column are influenced by the external magnetic
field producing a depositional remanent magnetization
(DRM). These grains are also influenced by procedures
in the sedimentary environment imparting a post-
depositional remanence (pDRM). The general term of
detrital remanent magnetization includes both processes
of depositional as well as post-depositional magnetization.

When eroded ferromagnetic grains enter the sedimen-
tary regime, they retain their magnetic moments even
though the original orientation of that moment is lost.
These grains, as they settle through a water column,
respond to the external field, and in a mechanical
response, become aligned with the influencing field over
a very short time period. As redeposition experiments in
the laboratory have shown, this theory is not so simple
as projected (Verosub, 1977). There are a number of
changes that can occur once the grain is deposited, but
before magnetization is locked in. These effects lead to
a pDRM, or post-depositional remanent magnetization,
a prevalent but complicated process (Shcherbakov and
Shcherbakova, 1983). Common effects are the dewatering
of the sediment, compaction of the grains, and bioturba-
tion, all of which allow for ferromagnetic particles, partic-
ularly small ones, to realign. Magnetization is not
considered final until the grains are no longer able to move
about or realign, occurring at a depth referred to as the lock-
in depth. This gives grain size an importance in DRM, with
smaller grains more susceptible to realignment, but also
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yielding stronger and more stable remanence. To this end
fine-grained sediments, as mudstones and siltstones, retain
a remanence better than coarser-grained rocks such as sand-
stones or conglomerates.

The notion of individual grains settling in a water body
has recently been investigated (Tauxe et al., 2006) and
found to be more complicated. In marine environments
in particular, fine-grained sediments do not sink as dis-
crete particles, but rather flocculate with coexisting
nonmagnetic particles. The entire floc needs to be aligned
with the external field, leading to variations in remanence,
especially with respect to intensity, from that predicted by
theory and redeposition experiments.
Chemical remanent magnetization (CRM)
Commonly rocks undergo chemical changes after
formation, usually at temperatures below the Curie tem-
perature of the minerals involved. These changes can be
alterations to existing magnetic minerals and/or the crea-
tion of new iron oxides within the rock unit. These
changes can result in new or altered remanences; this
process is commonly referred to chemical remanent mag-
netization (CRM).

A classic example of CRM is “red beds” or sedimentary
rocks with strong reddish hues due to the ubiquitous pres-
ence of hematite. Such rocks may have a DRM from the
time of formation, due to the presence of detrital grains of
magnetite and/or hematite. After deposition, changes
brought on by differing environments, a range of aqueous
solutions, or variations in oxidation state may result in
weathering of existing ferromagnetic minerals, or in the
deposition by precipitation of new ferromagnetic minerals.
Existing magnetic minerals may break down to weaker or
nonmagnetic minerals, such as hematite altering to goethite
or pyrrhotite to pyrite. Ferromagnetic minerals may also
alter to other magnetic minerals with different remanence
characteristics. One example is the oxidation of magnetite
to maghemite. Another alteration common is that of
nonmagnetic grains to magnetic ones, such as the case
of Fe-bearing silicate grains altering to discrete hematite
grains. New ferromagnetic minerals develop, such as the
formation of hematite cements and coatings, which is per-
vasive in red beds develops.

CRM can also be produced during progressive meta-
morphism, for example, when Fe-silicates breakdown
to produce magnetite, in hematite-ilmenite solid solutions,
or when Fe-bearing silicates react with pyrite
(nonmagnetic FeS2) to produce pyrrhotite (magnetic
FeS). Lamellar magnetism mentioned earlier is a CRM
because it is produced during the chemical reaction of
exsolution and not at the Curie temperature of the min-
erals; with slow cooling this can occur hundreds of
degrees below the Tc.

CRM is also recognized in igneous rocks, such as in the
formation of secondary hematite in cracks and factures in
basalts or around the rims of discrete magnetite grains.
In this case, the CRM is often hard to distinguish from
the original TRM, as the CRM is quite stable and many
of the magnetic properties of the two remanences are
similar.

Viscous remanent magnetization (VRM)
At room temperature, in low ambient fields, rocks may
acquire a component of magnetization in the direction of
the “present” field. This remanence acquired over long
time periods in low fields, such as the Earth’s field, is
referred to as viscous remanent magnetization (VRM).
It is generally assumed that the strength of the VRM is
related to the log of the time involved, although this
is a gross simplification of the situation. The importance
of other factors, including grain size, initial magnetic state,
and the angle of the ambient field relative to the original
remanence vector have recently been investigated and
shown to also affect the strength of VRM (Yu and Tauxe,
2006). Although VRM is ubiquitous in geologic examples
and is found associated with many different rocks types, in
many cases it is small and can easily be removed by
demagnetization techniques. Due to its soft nature, VRM
is often referred to as an “overprint” commonly representing
the present magnetic field and must be removed prior to
investigating the primary remanence.

In natural situations where temperatures may be elevated
for a considerable time, as in low-grade metamorphism, or
in young oceanic lithosphere, there is commonly a thermal
viscous remanent magnetization (TVRM) acquired. Here,
increased temperature over extended time periods enhance
the viscous remanence and produce a magnetization that
may eventually replace the original NRM. Pullaiah et al.
(1975) have investigated such magnetization changes over
a range of temperatures and timescales, with additional dis-
cussion provided by Dunlop and Özdemir (1997).

Isothermal remanent magnetization (IRM)
The presence of a large magnetic field over a short time
period may also produce a remanent magnetization,
referred to as isothermal remanent magnetization (IRM).
An IRM can be imparted in the laboratory and used to help
identify properties of magnetic materials. Samples are
subjected to increasingly large external fields, usually to
1 T or larger, and the resulting magnetization recorded.
Differences in composition, concentration, grain size,
and saturation state effect the acquisition of IRM. For
example, magnetite-bearing samples will saturate in fields
of 0.1–0.3 mT, while hematite-dominated rocks will
require fields larger than 1 T to reach saturation (Figure 3).

In the natural environment, a typically cited example of
an IRM is the magnetization gained in a rock after being
struck by lightning. The large magnetization produced
by the electric currents in lightning imparts an intense,
but chaotic remanence on surface rocks. First studied by
Cox (1961), IRM is common in regions subject to intense
thunderstorms, such as the desert southwest of the North
America. In some cases, the effect of the IRM can be
removed by demagnetization; in other samples, the
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magnetization has been totally reset, giving rise to paleo-
magnetic sites with random directions (Tauxe et al., 2003).

However, this type of IRM is commonly accompanied
by high heat; therefore, the term is slightly misused.
Applications of remanent magnetization
RM is used extensively in the disciplines of magnetism,
including paleomagnetism, rock magnetism, and the study
of magnetic anomalies. The study of paleomagnetism cen-
ters on the identification and description of the remanent
field held in rocks. Results from the measurement of RM
are used widely in the study of plate tectonics, structure,
regional tectonics, stratigraphy, volcanology, and archeol-
ogy. Positions of the earth’s magnetic field at specific
times in the geologic past provide us invaluable informa-
tion on the position of continental bodies in the past, the
interrelationship between different continents, and the
paths they have followed in subsequent motions across
the earth’s surface. RM can provide age information by
comparison to established reversal timescales, as well as
relative ages within a region. Regional tectonics, local
rotations, and timing of folding can all be investigated
using the remanence recorded in suitable rock units. Strat-
igraphic studies, especially in the wealth of deep-sea sed-
iment cores from international drilling projects, lake
sediments, or in thick sedimentary sequences on land,
can be established and compared using the recorded
remanence.
Experimental studies in rock magnetism make excel-
lent use of the remanent magnetization properties of rocks
and minerals. Studies of hysteresis behavior, magnetiza-
tion at high and low temperatures, and responses to acqui-
sition and removal of laboratory remanences all provide
important information on oxide composition, grain size,
and magnetic properties of a wide range of natural and
synthetic materials.

Remanent magnetism plays an important part in the
interpretation of magnetic anomalies. Well established in
the 1960s in the study of marine magnetic anomalies from
the seafloor, remanent polarity of extruded basalts played
a pivotal role in the interpretation of observed anomalies
(Vine and Matthews, 1963; Heirtzler et al., 1963). The
use of the polarity sequence preserved in the ocean crust
allows for dating of the seafloor as well as calculations
of spreading rates and investigations of plate histories.
Anomalies on land show considerable complexities and
many are assumed to be entirely related to induced fields
due to the present magnetic field. But, in many cases, there
is a significant component of remanent magnetization
interacting with the induced field, and depending on the
remanent direction and intensity, enhancing or at times
annihilating the induced field (McEnroe et al., 2009). An
excellent case of remanent magnetization producing
strong aeromagnetic anomalies comes from the Rogaland
Igneous Complex in southern Norway (McEnroe et al.,
2008), where anorthosites and a layered intrusion have
intense remanence roughly antiparallel to the present field,
producing large negative anomalies (Figure 4).

Exploration for natural resources by aeromagnetic sur-
veys has been widely used since the 1950s. The classic
work by Balsley and Buddington (1958) and later by
McEnroe and Brown (2000) in the oxide rich area of the
Adirondack Mountains of New York required a detailed
knowledge of the RM for accurate interpretation of the
data. Understanding the contribution of RM to magnetic
anomalies will be crucial for future exploration as the
accuracy and resolution of these surveys increase. Mag-
netic surveys will also be at the forefront for geological
mapping of Earth and other planets.
Summary
Remanent magnetization is a permanent magnetization
residing in earth materials that is gained when the material
is formed or altered in the presence of the Earth’s magnetic
field. Measurable RM is founding in most rocks, ranging
from metamorphic gneisses to lava flows to marine and
lake sediments. The remanence is carried by iron oxides
and sulfides, but magnetite and hematite are by far the
most common and the most important remanence carriers.
RM is categorized and described by various methods of
acquisition; TRM for remanence produced as minerals
cool through their Curie temperatures, DRM for the rema-
nence obtained as detrital grains of magnetic minerals
align during the deposition process, and CRM for the pro-
cess where remanence develops from chemical changes in
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Remanent Magnetism, Figure 4 Aeromagnetic anomaly map from a fixed-wing survey over the Rogaland region in southwestern
Norway. The magnetic total field was reduced to anomaly values by subtracting the International Geomagnetic Reference Field
from the total field of 1965. Color shades: pink, large positive magnetic anomalies; blue, strong negative anomalies; yellow and green,
intermediate values. Letters refer to specific bodies within the Rogaland Igneous Complex (Redrawn from McEnroe et al., 2001).

REMANENT MAGNETISM 1029
the rock. RM forms the basis for research in paleomagne-
tism, where the direction, intensity, and age of the rema-
nence are determined and interpreted. It is also useful in
experimental studies of rock magnetism, and in the inves-
tigation of anomalies in global, regional, and local mag-
netic field measurements.
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Synonyms
Remote sensing data; Space imagery
Definition
Remote sensing.Refers to small- or large-scale acquisition
of information of an object or phenomenon (e.g., earth sur-
face features), by the use of either recording or real-time
sensing device(s) such as by way of aircraft, spacecraft,
satellite, buoy, or ship that are not in physical contact with
the object.
Geographic information system. Refers to spatial data
management and analysis tools that can assist users in
organizing, storing, editing, analyzing, and displaying
positional and attribute information about geographical
data.
Lineaments. Any linear features that can be picked out as
lines (appearing as such or evident because of contrasts
in terrain or ground cover, tone, pattern, size, etc.) in aerial
or space imagery.
Tectonics. A field of study within geology concerned gen-
erally with the structures within the lithosphere of the
Earth (or other planets) and particularly with the forces
and movements that have operated in a region to create
these structures.
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Neotectonics. A subdiscipline of tectonics which deals
with the current or recent geologic deformations.
Active fault. A planar fracture in rocks with visible dis-
placement or seismic activity that has occurred during
the geologically recent period, as opposed to passive faults
that show no movements since their formation.
Lithology. The scientific study and description of rocks/
rock types in terms of compositional and physical charac-
ter of the rock.
Geomorphic features. Landform features such as rivers
and peneplains formed by geomorphic processes (e.g.,
erosion and mass-wasting) that shape them.
Strain meter.An instrument used by geophysicists to mea-
sure the deformation of the Earth in the field.

Introduction
Mapping of lineaments from various space imagery are
a commonly used initial step in tectonic studies. The surface
expression of geological structures such as faults, joints,
dykes, veins, and straight routes of rivers are often displayed
or represented in the form of lineaments in aerial photo-
graphs or on remotely sensed images. In addition, remote
sensing data are useful for detecting lithology and geomor-
phic features, which are, in turn, important in assessing the
mechanisms of faulting. The most common and widely
used remote sensing techniques include: Satellite Pour
l’Observation de la Terre (SPOT), which is a high-resolution
optical imaging Earth Observation Satellite (EOS), Landsat
satellite both multispectral scanner (MSS), and thematic
mapper (TM) including enhanced thematic mapper (ETM),
Advanced Spaceborne Thermal Emission and Reflection
Radiometer (ASTER), Shuttle Radar Topographic Mission
(SRTM) and/or SAR Interferometry (InSAR), and Global
Positioning System (GPS). Data acquired from optical, ther-
mal, radar images or digital terrain elevation at the same or
different sensor platforms or devices are all useful for tec-
tonic studies.

Lineamentmapping and analysis is a combined effort of
technology and field evidence (Figure 1). The availability
of multispectral and multi-sensor data with synoptic
coverage and use of different image enhancement tech-
niques provides an opportunity to prepare more reliable
and comprehensive lineament maps useful for tectonic
studies. Field studies or ground truthing of orientation
measurements of structural features and identifying rock
types provide support for verifying remote sensing derived
tectonic interpretation. Geographic information system
(GIS) facilitates integration of all data types and provides
a strong basis for tectonic interpretation of structural
features.

Data and method
Mapping of geological structures from various space
imageries is a commonly used initial step in tectonic
studies. The routine procedure for extracting tectonic fea-
tures from digital remote sensing data usually involves ini-
tial digital image enhancement followed by manual
interpretation (Suzen and Toprak, 1998). There have been
significant approaches for the evaluation and automatic
detection of lineaments and curvilinear features from sat-
ellite images (Karnieli et al., 1996). However, the human
expert judgment still remains to be an asset for lineament
detection and interpretation.

Satellite-based remote sensing data may be optical
image (e.g., SPOT and Landsat), which usually senses
the behavior of visible, ultraviolet, and infrared light com-
ponents of the electromagnetic energy used in imaging.
The data could also be thermal image in which the devices
sense the thermal energy of the electromagnetic spectrum.
The Advanced Spaceborne Thermal Emission and Reflec-
tion Radiometer (ASTER) is an example of modern
remote sensing device that senses the behavior of visible,
ultraviolet, infrared light, and thermal infrared compo-
nents of the electromagnetic energy spectrum. The remote
sensing satellite may also acquire radar images such as the
Shuttle Radar Topographic Mission (SRTM) and/or Inter-
ferometric Synthetic Aperture Radar (InSAR) in which the
system has a transmitter that emits microwaves or radio
waves of the electromagnetic energy to detect objects.
The Global Positioning System (GPS) is a US space-based
global navigation satellite system. GPS is made up of three
parts: satellites orbiting the Earth; controlling and moni-
toring stations on Earth; and the GPS receiver that reads
broadcasted signals from space sent by GPS satellites.
Each GPS receiver then provides three-dimensional loca-
tion based on latitude, longitude, and altitude, and the time
that are useful for tectonic studies.
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Digital elevation models (DEM) may be prepared in
a number of ways, but they are frequently obtained by
remote sensing rather than by direct survey. One powerful
technique for generating digital elevation models is InSAR:
two passes of a radar satellite (such as RADARSAT-1 or
TerraSAR-X), or a single pass if the satellite is equippedwith
two antennas (like the SRTM instrumentation), suffice to
generate a digital elevation map with extensive areal cover-
age and high resolution (10–30 m). Alternatively, other
kinds of stereoscopic pairs can be employed using routine
photogrammetric techniques, where two optical images
acquired with different angles taken from the same pass of
an airplane or an EOS such as the high-resolution stereo of
SPOT5 or the visible and near-infrared band of ASTER
(e.g., Hiranoa et al., 2003).

Remote sensing
The surface expression of lineaments displayed in aerial pho-
tographs or remote sensing data (Figure 2) may be passive
faults, showing no movements since their formation or
may be active faults with movements created by either earth-
quakes or ongoing uplifting. Earthquakes and uplifts are
related to tectonic movements in the subsurface. The surface
expression of these movements as structures visible on satel-
lite imageries can be mapped and used to investigate the tec-
tonic movements. Time series thermal satellite remote
sensing datasets were used to detect pressure built-up due
to tectonic activities and associated subsurface degassing that
created changes in the thermal regime prior to an earthquake
event (Saraf and Choudhury, 2005). Such studies are useful
in locating earthquakes’ epicenters and understanding the
fault mechanics involved in the deformation during earth-
quake occurrences and uplifting processes.

DEM acquired from satellites such as SRTM data or
optical images are useful for derivation of topographic
parameters such as slope and surface curvatures
(geomorphic indices) for mapping drainage networks
and lineament extraction (Zizioli, 2008; Demirkesen,
b
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conspicuous NE-SW trending lineaments from 12 km � 12 km area
and (c) minimum curvature image derived from SRTM digital eleva
and strike-slip tectonics.
2008). These morphotectonic parameters can be used as
indicators of active tectonics in a region. For instance, riv-
ers are sensitive to changes in tectonic deformation,
adjusting their routes over different periods of time
depending on the physical properties of the host rocks,
climatic effects, and tectonic activity. Thus, the drainage
system of a region records the evolution of tectonic
deformation. Quantitative measurements of a number
of geomorphic indices are commonly used as
a reconnaissance tool in tectonic geomorphology studies
to identify areas experiencing tectonic deformation.
Combinations of different geomorphic indices derived
from DEM data allow the quantification of surface
deformation both on maps and on stream profiles. It is
possible to assess and quantify the rate of uplift by
studying the influence of faults on stream geometry
and changes in direction as a result of neo-tectonic
activity (Gloaguen et al., 2008). Such thematic geomor-
phic indices can easily be incorporated into a GIS tool
for further analysis and interpretation.

Interferometric synthetic aperture radar (InSAR) is
a radar technique used in geodesy and remote sensing.
This geodetic method measures the line-of-sight displace-
ments and uses two or more synthetic aperture radar
(SAR) images to generate maps of surface deformation
or digital elevation, using differences in the phase of the
waves returning to the satellite, or aircraft. The technique
can potentially measure millimeter-scale or even lower
changes in deformation over time spans of days to years.
InSAR can be used to measure ground movements due
to earthquakes and to monitor creep and strain accumula-
tion on faults (e.g., Stramondo et al., 2005). Due to its easy
integration within a GIS environment, DEMdata is impor-
tant in such analyses. Time series data, a sequence of space
imagery shots taken at different times, is a requirement in
such studies. Then the changes are detected at observation
points that have a fixed geographical location for later
comparison and monitoring purposes.
c

2 Different types of remote sensing data showing
(a) SPOT band 3, (b) digitally enhanced Landsat TM band 5,
tion model. The lineaments represent both extensional
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GPS measurements, among other applications, are now
in use to determine the motion of the Earth’s tectonic
plates and deformation around active faults and volca-
noes. It provides a powerful means to directly measure
the kinematic pattern of present-day crustal deformation
by setting up several regional GPS network stations and
monitoring the changes in geographical locations and
heights at the control points (Jouanne et al., 1998). GPS
can measure movement of faults or tectonic plates to
within the precision of a few millimeters to approximately
one centimeter over baseline separations of hundreds of
meters to thousands of kilometers (Segall and Davis,
1997). The three-dimensional nature of GPS measure-
ments allows one to determine vertical as well as horizon-
tal displacement at the same time and place. Field methods
such as the use of strain meters can provide far greater
strain sensitivity than does GPS. However, strain meters
cannot offer the spatial coverage and long-term stability
as GPS do. InSAR measurements are tremendously excit-
ing because of their unparalleled spatial coverage. InSAR
and GPS are complementary in that GPS provides long-
term stability, vector displacements, and better temporal
coverage as compared to the extensive spatial coverage
provided by SAR/InSAR and thus results from one system
are directly relevant to the others (Segall and Davis, 1997).
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structural features from field study formed by different tectonic pro
In the sketches the maximum principal stress (s1), the vertical stres
structures in (a) and (c) are cross-sectional views and (b) is plain vie
Tectonic studies
Tectonics deals with large-scale deformations of the Earth’s
lithosphere. The lithosphere is broken up into several tectonic
plates thatmove relative to one another. Plate tectonics theory
explains the formation of the plates and the origin of the
forces responsible for the motion of these plates. There are
three types of plate boundaries characterized by their relative
motion: each having different types of surface phenomena
including volcanic activities, earthquakes, and faults. The
tectonic styles at the different plate boundaries are:

	 Extensional tectonics that results in the formation of
normal faults (Figure 3a) and associated tectonic pro-
cesses due to the thinning/stretching of the lithosphere.

	 Strike-slip tectonics that results in strike-slip faults
(Figure 3b) in zones of lateral displacement within the
lithosphere.

	 Compressional tectonics that results in the formation of
thrust faults (Figure 3c) and associated tectonic activities
due to the shortening and thickening of the lithosphere.

The difference between structural geology and tecton-
ics is the scale of observation. Structural geology deals
with small-scale rock deformation, while tectonics is more
concerned with larger features. Thus, remote sensing
σ3

σ3

3 Fault block models and their equivalent outcrop-scale
cesses: (a) Normal faults, (b) strike-slip faults, and (c) thrust faults.
s (sv), and minimum principal stress, (s3) are shown. Field
w.
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Figure 4 Three-dimensional synoptic view of a digitally
processed remote sensing data created by draping from ASTER
bands (13, 5, and 3) in red green and blue order over the SRTM
DEM data in a GIS environment. Note the east–west normal fault
that dips to the north.
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methods help in detecting large-scale tectonic features
while field studies are necessary in investigating how the
mapped lineaments control the tectonics of a region by
looking into the details at mesoscopic-scale. All remote
sensing methods used for lineament extraction cannot
describe the nature of the tectonics in a region without
ground truthing. It is generally recognized that lineament
or fracture trace analysis used in conjunction with tectonic
investigations is not credible without field verification.
In regional scale studies, although field checking of
each lineament is impossible due to significant cost and
time involved (Mabee et al., 1994), systematic field
checking is still necessary to decipher and derive confi-
dence estimates of the nature of lineaments. The field
data include observation and measurement of orientations
of joints, dykes, and faults. Field evidences presented in
the form of figures and sketches (e.g., Figure 3a–c) can
provide good support for tectonic interpretation. The
structural data collected from the field need to be grouped
according to rock type and proximity of sampling
points to take into account the geographic locations of
observation points. In order to understand the structural–
geological significance of fracture arrays, it is a common
practice to subdivide them into separate sets on the basis
of orientation. Rose diagrams are commonly used to
reveal the orientations of vertical and steeply dipping
joints, faults, and dykes observed at different scales. Many
workers (e.g., Arlegui and Soriano, 1998; Solomon and
Ghebreab, 2006) have effectively used remote sensing
data supported by field studies to map regional spatial
distributions of lineaments toward understanding their
tectonic origin.
Geographic information system (GIS)
GIS is a tool in spatial data management and analysis that
can assist users in organizing, storing, editing, analyzing,
and displaying positional and attribute information about
geographical data. GIS facilitates integration of all data types
and allows a better understanding of the tectonic interpreta-
tion of a region under study. The full potential of remote
sensing andGIS can be utilized when an integrated approach
is adopted. Integration of the two technologies has proven to
be an efficient tool in many studies, specifically in tectonic
studies (e.g., Ratzinger et al., 2006; Gloaguen et al., 2008).

For instance, different geomorphic indices derived
fromDEM and a number of factors influencing each index
can be integrated in a GIS that will allow a better interpre-
tation of the results. Backed with remote sensing data and
ground-checking, it is possible to outline the deformed
area and the local strain intensity (relative uplift rates)
and thus infer the neotectonic history of a region. Jain
and Verma (2006) applied a combination of remote sens-
ing and GIS for mapping active tectonic intensity zone
in India. Superimposing a lineament map over
a lithological map in a GIS environment provides an
insight into the nature of tectonics of a region. Visible hor-
izontal displacement along lineaments (e.g., Figure 3b) as
evidenced from movement in rock units can be used to
depict strike-slip fault tectonism.

Draping the lithological map or digitally enhanced color
image over a three-dimensional DEM data in a GIS environ-
ment can also reveal the faultingmechanisms such as normal
faulting due to visible subvertical displacement of lithologi-
cal units (Figure 4). In order to classify the fault mechanics
involved in deformation, an overlay of historical earthquake
data on mapped tectonic features or lineaments can be inte-
grated in a model derived from remote sensing data with
results such as from differential radar interferometry in
a GIS environment. A GPS-derived parameters can be easily
integrated in a GIS framework to provide a powerful means
of directly measuring the dynamics of present-day crustal
deformation bymonitoring the changes in geographical (hor-
izontal) locations and heights (vertical displacements) at
well-positioned control points. All these examples demon-
strate the application of remote sensing and GIS techniques
for mapping both active and passive faults. However, to bet-
ter understand the types of faults involved, field checking
still remains a requirement.

Summary
Remote sensing and GIS are complementary to each other
and efficient techniques for lineament mapping, and hence
for tectonic studies. Advanced remote sensing techniques
such as InSAR andGPS have revolutionized tectonic studies
by directly measuring the motion of faults associated with
earthquakes and rates of uplifts. Field studies are, however,
needed to identify the types of lineaments and correlate them
to the remotely acquired data. Comparison of orientations of
major structures or lineaments such as joints, dykes, and
faults obtained from field measurements, and plotted on rose
diagrams facilitates their tectonic interpretation. GIS is a very
time-saving and cost-effective tool once the database is
established. Integrating data of different layers such as linea-
ment and lithological maps, and geomorphic indices
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acquired, for example, from DEM, GPS measurements and
field studies in a GIS environment followed by spatial anal-
ysis of the data allows correlation between different parame-
ters for unraveling the nature of the tectonics of a region.
Moreover, integrating historical dataset from past earthquake
events, if any, including an understanding of the regional tec-
tonic setting is essential in facilitating interpretation of
results. Overall, combining remote sensing, GIS, and field
techniques provides a powerful tool for understanding the
tectonic framework of a region, and assessing the resulting
fault mechanisms.
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Definition
Remote sensing is defined as the acquisition of data using
a remotely located sensing device, that relies on the mea-
surements of electromagnetic energy (EM) in the range
of 0.4 mm to 1 m, and extraction of information from the
data (Gupta, 2003; McCloy, 2006). Remote sensing can
be multilevel (i.e., sensing the surface of material from
a distance of few centimeters to millions of kilometers).
Taking a spectrum of a leaf by using a spectroradiometer
to taking an image by Hubble telescope from a star at
a distance of few light years fall in the realm of remote
sensing. However, here, we mean the imaging of the
Earth’s surface.

Introduction
The remote sensing systems can acquire images from the
surface of the Earth by either passive or active methods.
Passive systems use the electromagnetic energy that is
produced by the sun or any other process like anomalous
heat buildup within the Earth. Active remote sensing sys-
tems create their own electromagnetic energy that (1) is
transmitted from the sensor toward the terrain, (2) interacts
with the terrain producing a backscatter of energy, and
(3) is recorded by the remote sensor’s receiver (Jensen,
2000). The sending and receiving of signals are largely
unaffected by atmospheric conditions. Therefore, radar
satellites can record the details of the Earth’s surface in
cloudy weather condition and any time of the day and
night. LIDAR (LIght Detection and Ranging) and
SONAR (SOund NAvigation Ranging) are also the active
remote sensing systems. It should be noted that remote
sensing is a geophysical method as it uses the electromag-
netic spectrum as a medium for surveying the Earth’s sur-
face. It is now recognized as a separate branch of science
and engineering.

The electromagnetic spectrum that is used by
remote sensing systems is named according to the
wavelength ranges. Gupta (2003) has classified the elec-
tromagnetic spectrum into visible (0.4–0.7 mm), near
infrared (0.7–1.0 mm), Shortwave infrared (1.0–3.0 mm),
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mid-infrared (3.0–35 mm), far-infrared (35–1.0 mm), and
RADAR (1–100 cm).

A remote sensing system that allows sensing the Earth
in any wavelength and in any time makes an ideal remote
sensing system. An ideal remote sensing system cannot be
achieved due to the absorptions of the electromagnetic
energy from the Earth’s atmosphere.

Each object has unique sets of absorption and reflec-
tance features concerning the wavelengths. The plot is
known as spectral signature. Figure 1 shows the spectra
of the common surface materials. Although each material
at the surface of the Earth has many absorption and reflec-
tion features, the present remote sensing systems can only
image these materials in limited wavelengths because the
atmosphere is not clear for all the wavelengths.

There are different sensors that are used onboard the
satellites or in an aeroplane. The present remote sensing
systems that orbit the Earth are imaging the Earth’s sur-
face in visible, near infrared, shortwave infrared, thermal
infrared, and RADAR regions of EM spectrum. The
reader can refer to Jensen (2000) and Lillesand et al.,
(2004) for different sensors and platforms specifications.

A digital image consists of pixels. Each pixel is rep-
resentative of a surface area that defines the spatial res-
olution of the system. Enhanced Thematic Mapper Plus
(ETM+) multispectral data has a resolution of 30 m
(each pixel is equivalent to 900 m2 ground area), while
Quickbird has a resolution of 60 cm for its panchromatic
image (each pixel is equivalent to 0.36 m2 on the
ground).
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(Gupta, 2003).
As these images are in digital formats, several simple or
complex mathematical operations can be applied on them
in order to enhance specific features from these images.
This is called image processing operation. Image filtering
(Mather, 2001) is a common image processing technique
that enhances the linear features. Figure 2 shows the
enhanced faults in the southern part of Iran in a filtered
image.
Application of remote sensing to geophysics
Remote sensing data can be used for designing the survey
grid and line in geophysical surveys, verifying, and help-
ing a better interpretation of the geophysical methods.
Remote sensing images can be combined to form color
images in various scales that depend on the spatial resolu-
tion of the remote sensing system. These color images can
be draped over a digital elevation model (DEM) to give
a three-dimensional (3-D) model of the area (Figure 3).
These 3-D models can be used in both land and airborne
geophysical surveys for designing the survey lines. The
3-D model can provide information such as the terrain
ruggedness, man-made installations, surface conditions,
transportation routes, etc.

The surface of the Earth is continuously deformed due
to the tectonic activities over geological time that causes
the formation of structures such as fold and fault. Geo-
physical methods such as magnetic, magneto-telluric,
gravity, and seismic methods are used for studying these
structures. These methods are subsurface methods.
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Remote sensing techniques are useful in order to study
these structures and to interpret the tectonic activities in
the regional and local scale at the surface of the Earth. In
order to obtain a clear picture of the structures, the com-
bined interpretation of remote sensing and geophysical
data is helpful, if the geological structures have any trace
in the satellite images. Remote sensing applications to tec-
tonic and structural studies are reported by many
researchers (e.g., Harris, 1991; Philip, 1996; Saintot
et al., 1999; Chernicoff et al., 2002; Chatterjee, 2003;
Raharimahefa and Kusky, 2006; Walker, 2006). Figure 3
shows a part of Zagros simply folded belt that the folds
axis directions indicate a force direction because of the
subduction of Arabian plate beneath the Iranian plate.
ba

Remote Sensing, Applications to Geophysics, Figure 2 Enhancem
(a) Original satellite color image, (b) filtered image.

Remote Sensing, Applications to Geophysics, Figure 3 3-D view
Iranian microplate. The force direction is shown by an arrow. Landsa
is draped over DEM of the area.
These structures are also studied by using gravitational,
magnetic, and seismic methods.

Remote sensing is also useful for interpretation of geo-
physical data. Alteration process causes the changes in
mineralogical content of rocks due to the reaction of hot
solution with the rocks. Porphyry copper mineralization
is associated with these alteration zones (Evans, 1993).
Both radiometric and remote sensing methods can be used
for alteration detection (Ranjbar et al., 2001; Ranjbar and
Honarmand, 2004; Ranjbar et al., 2010). The minerals
present in sericite and k-feldspar have a higher gamma
radiation. We cannot differentiate these minerals by geo-
physical methods. Remote sensing method is capable of
recognizing the minerals responsible for the higher
ent of faults and other linear features by using directional filter.

of folding due to the movement of Arabian plate against
t color image (Band7 in red, band 4 in green, and band 2 in blue)
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Remote Sensing, Applications to Geophysics, Figure 4 An
interferogram that shows the deformation along a fault due to
the Bam earthquake in Iran. The rings that are closer, indicating
more deformation (After Ye, 2005).
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radiation in geophysical data. There are also minerals in
the alteration zones that have very low radiation to be
detected by geophysical methods. Kaolinite, Calcite, epi-
dote, and chlorite are such minerals. These minerals are
recognized by remote sensing methods. Remote sensing
techniques can also be used in combination with other
geophysical methods such as magnetic, electromagnetic,
and electrical methods in helping with the interpretation.

Another area that received much attention is the field of
active faults study by the combined use of interferometry
and geophysical data. RADAR (Radio Detection And
Ranging) images are more useful for detection of the geo-
logical structures than the images acquired in the optical
ranges of EM spectrum, because the RADAR pulses are
illuminating the ground from a specific direction. The
RADAR wavelengths are in order of few tens of centime-
ters. Synthetic Aperture Radar interferometry (INSAR) is
a branch of remote sensing that has emerged in the recent
years that deals with the deformation in the Earth’s crust.
There are several papers published about INSAR method
in structural and tectonic fields (e.g., Klees and
Massonnet, 1999; Wright et al., 2001, 2004; Ye, 2005;
Bürgmann et al., 2006; Taylor and Peltzer, 2006). Figure 4
shows an interferogram of a fault in Bam area that trig-
gered an earthquake in 2003. This fault is detected by
remote sensing and geophysical methods.
Summary
Remote sensing images due to their multi-temporal, mul-
tispectral, and synoptic views are extensively used for
solving problems related to mineral exploration, tectonics,
vegetation cover studies, surface changes, earthquake
studies, weather and volcanic eruption forecasting, etc.
The images can be acquired in different wavelength
ranges such as visible, near infrared, thermal, and Radar
ranges of electromagnetic spectrum. We are now able to
recognize many minerals from the space by using their
spectral properties. Remote sensing data can be used for
designing the survey grid and line in geophysical surveys,
verifying, and helping a better interpretation of the geo-
physical methods. Small and large structures are easily
recognizable in the images, although we often need to
enhance the images for recognizing these structures.
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Synonyms
Differential InSAR (abbreviated as D-InSAR); Interfero-
metric SAR (abbreviated as InSAR); Radar interferome-
try; SAR interferometry

Definition
Radar. Acronym standing for Radio Detection and Rang-
ing. A technique to detect any targets and measure the dis-
tance to them, based on the round-trip time of microwave
(radio wave) pulses between the antenna and the targets.
SAR. Acronym standing for Synthetic Aperture Radar.
A technique to image any ground surfaces, using airborne
or spaceborne radar sensor. Its high spatial resolution is
achieved by collecting numerous return pulses from each
target in sight and by effectively synthesizing large
antenna size.
InSAR. Acronym standing for Interferometric SAR.
A technique to image surface topography and ground dis-
placements, using phase values of two or more SAR
images.

Introduction
Crustal deformation data have been traditionally acquired
by ground-based geodetic techniques such as leveling, tri-
angulation, and electro-optic distance measurement. More
recently, global positioning system (GPS) has become
a standard tool for high-precision crustal deformation
measurement, and provided us with a wealth of data to
study plate tectonics, earthquakes, volcanic activities,
and atmospheric and hydrological loading deformation.
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
All these techniques, however, require in situ benchmarks,
and thus prevent us from observing inaccessible areas.
Interferometric SAR (InSAR) was, therefore, regarded as
a surprising and revolutionary technique when Massonnet
et al. (1993) first showed an image of the co-seismic defor-
mation associated with the 1992 M7.3 Landers earth-
quake, because the raw data was completely acquired on
a spaceborne sensor. Another big surprise for the commu-
nity was its incredibly high spatial resolution, which no
other geodetic techniques were possible to achieve in
practice.

Nowadays, InSAR users have proliferated in
a worldwide community and applied to a variety of geo-
physical problems. A number of excellent and extensive
reviews for advanced students and researchers are already
published (Bamler and Hartl, 1998; Massonnet and Feigl,
1998; Burgmann et al., 2000; Hanssen, 2001; Pritchard,
2006; Simons and Rosen, 2007; Zhou et al., 2009).
I therefore tried to make this article much shorter and more
introductory, but it still includes necessary and useful con-
cepts, ranging from the fundamentals of SAR/InSAR
imagery to more up-to-date topics.

Fundamentals of SAR imaging and SAR data
SAR satellite flies over at an altitude of hundreds of km,
repeating transmission and reception of microwave
pulses. The along-track and across-track axes are almost
identical to the azimuth and range axis in the acquired
radar image. The area illuminated on the ground is called
swath, whose width spans roughly 50–100 km in the stan-
dard stripmap (or strip) mode with an incidence angle of
20–50� (Figure 1). While previous SAR applications are
mostly derived from the stripmap mode, another imaging
mode, ScanSAR, is also promising because it covers much
wider swath width, 300–500 km, by illuminating multiple
swaths at the expense of reducing the resolution.
ScanSAR is useful for imaging long-wavelength signals
90-481-8702-7,
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associated with, for instance, a magnitude-8-class earth-
quake (Motagh et al., 2008).

Although it was not strictly necessary, satellite-based
SAR system has been often placed on a sun-synchronous
and near-polar orbit with an inclination angle of slightly
greater than 90�. When the satellite moves to the north
(south), we call it is in ascending (descending) orbit.

The raw data acquired on SAR sensor are impossible to
visually interpret, and require a bit involved processing
algorithms; those algorithms are detailed in a couple of
text books (e.g., Curlander and McDonough, 1991;
Cumming and Wong, 2005). The first interpretable SAR
image is a single-look-complex (SLC) image, whose
important difference from other optical images is that
each pixel consists of a complex (real and imaginary)
value, i.e., amplitude and phase. This is because the
waveform of each repeated pulse is precisely controlled
to be identical, and hence the received pulse provides us
with not only a scattering (reflection) intensity but also
a phase. The phase data do contain the geometric infor-
mation from the antenna to the ground targets, and are
fully exploited in generating InSAR image as discussed
later. However, the phase image itself is usually not as
useful as the intensity image because it is again impossi-
ble to visually interpret the physical meaning. Mean-
while, the intensity image is often useful and derived
from a square-root magnitude of SLC data with spatial
averaging called multi-looking. By single-look, it means
the finest spatial resolution for both range and azimuth
axis. In the standard stripmap mode, the range and
azimuth resolutions are derived as,

Dr ¼ c

2B
; and Da ¼ L

2
; (1)

respectively; the c, B, and L are the speed of light, the fre-
quency bandwidth of the microwave pulse, and the
antenna length along azimuth axis, respectively
(Curlander and McDonough, 1991; Cumming and Wong,
2005). The waveform of each microwave pulse is called
chirp signal, whose instantaneous frequency linearly
changes by as much as the frequency bandwidth B over
the duration of each pulse. It should be noted that the spa-
tial resolution depends neither on the sensor altitude nor
the carrier frequency of microwave. Intensity images are
often shown in gray scale images, in which strongly
(weakly) reflected objects/areas are usually colored as
bright (dark). Although they simply look like black-and-
white photographs, we should keep in mind that they
could be acquired regardless of weather and time because
SAR is actively transmitting and receiving microwaves.
Also, intensity images are indispensable for high-
precision image matching prior to a generation of InSAR
image.

Fundamental principles of InSAR
Interferometric SAR (InSAR) is a technique to generate
a digital elevation model (DEM) or a ground displacement
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SAR Interferometry, Figure 2 (a) Geometry of the Young’s experiment. Depending on the path difference, the two coherent
waves from the slit, S1 and S2, are in-phase or out-of-phase on the screen, and interference fringes are observed on the right screen.
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SAR Interferometry, Figure 3 Image registration (matching) of
the master and slave images prior to interferogram generation,
and the principle of pixel-offset technique to derive large
displacements. While long-wavelength distortion can be
corrected, localized huge displacement remains as residual
offset. Courtesy of Tobita et al. (2001a).
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image from a pair of SLC images. The term interferogram
is often used to represent InSAR image. We can under-
stand the principle of InSAR, recalling the classical
Young’s experiment that is known to be a proof of the
wave characteristics of the light (Ghilia and Pritt, 1998).
Two coherent waves out of the slits will generate “stripes”
on the wall, called interference fringe (Figure 2a). We can
simulate the fringe if we know the separation of the slits,
the distance from each slit to the wall, and the wavelength
of the coherent wave. Depending on the path difference,
the two coherent waves are in-phase or out-of-phase when
they reach the screen. Namely, the difference of the phases
generates the interference fringe.Wemay regard the imag-
ing geometry of InSAR as the 3-D Young’s experiment
(Figure 2b). The repeat orbit tracks, the ground surface,
and the microwave correspond to the double slits, the
screen, and the coherent wave, respectively. Once we get
two SLC images, we can generate an initial interferogram,
multiplying one SLC image with the complex conjugate
of the other SLC image. We then observe similar fringes
in the initial interferogram as illustrated in Figure 2b, which
is literally a map of the difference of two SLC phases. For
descriptive purposes, the former SLC image is often
denoted asmaster, and the latter SLC image is called slave.
At this moment, the slave image must be precisely
co-registered (or matched) to the master image (Figure 3);
we will come back to this image co-registration (or image
matching) procedure later on.

While Figure 2b shows an initial interferogram over flat
areas with parallel orbits, the fringe will appear undulated
if the areas are not flat. The fringe over flat areas is called
flat Earth fringe (or, orbital fringe), and can be precisely
simulated from the pair of orbit data. If we subtract the flat
Earth fringes from the initial interferogram, we can extract
topographic fringe that can be used to generate DEM. The
Shuttle Radar Topography Mission (SRTM) was carried
out along this idea in 2001, and generated 3-s resolution
DEM over +/� 60� latitudes (Farr et al., 2007). In the case
of SRTM, they carried two SAR antennas on the same
platform, and thus were able to generate DEM without
repeating the previous orbit track. In contrast, all the pre-
sent SAR satellite systems carry only one antenna with
a repeat-pass period of several weeks, which are 11 days
for TerraSAR-X, 16 days for COSMO-SkyMed, 24 days
for Radarsat-1/2, 35 days for Envisat, and 46 days for
ALOS. Therefore, if ground surface undergoes significant
deformation during the repeat orbit cycles due, for
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instance, to earthquake and volcanic eruption, the interfer-
ogram will include deformation fringe as well. To extract
deformation fringe, we must take out both orbital fringe
and topographic fringe, which can be simulated from sat-
ellite orbit data and DEM. The deformation fringes repre-
sent slant range changes along the radar line-of-sight
(LOS), and thus projections of the 3-D displacement vec-
tor on the ground along the unitary vectors toward the
radar LOS (Figure 4). The range changes should be
interpreted as relative displacements to the reference
point(s) inside each interferogram. Depending on litera-
tures, they denote differential interferometric SAR
(D-InSAR) when the technique is used to detect deforma-
tion signals. Recently, however, the term InSAR is often
and simply used to represent D-InSAR.

Even if no significant ground displacements take place
during the repeat-pass period, however, we usually
encounter other non-negligible fringes due to the spatial
heterogeneities in the propagation delay of microwaves
through the atmosphere, the errors in satellite orbit data,
and those in DEM. Because these fringes limit the preci-
sion and accuracy of SAR-based crustal deformation mea-
surement, a couple of correction approaches have been
proposed. More advanced time-series analysis techniques
have also been developed to overcome the issues, which
will be introduced in the last section.

InSAR processing
Image registration (Matching): Before we get an initial
interferogram, we must register (or, match) each imaged
target in one SLC image to the same target in the other
SLC image with a sub-pixel level accuracy, because any
ground objects do not usually locate at the same pixel
coordinates in each SLC image. This pre-processing is
called image registration (or image matching) and prereq-
uisite to be performed prior to generating an initial inter-
ferogram. Although a simple polynomial transformation
between the range and azimuth coordinates of two SLC
images is sufficient in most cases, we need to take into
account the effects of 3-D topography when the terrain
surface is rugged to eliminate a stereoscopic effect
(Michel et al., 1999).
Displacement vector

InSAR observable

Radar LOS

SAR Interferometry, Figure 4 InSAR observable is a projection
of the displacement vector along the radar line-of-sight (LOS)
direction.
When large ground displacements on the order of
meters or more take place locally, and if we correct for
the long-wavelength image distortion using the polyno-
mial transformation, we can detect and quantify those
localized displacements as a by-product of image registra-
tion without viewing InSAR image (Figure 3; Tobita et al.,
2001a). This approach to detect large displacements is
called pixel offset or feature tracking technique, and has
been applied to earthquakes, volcanic eruptions, and gla-
cier movements. The advantages of pixel-offset data are
twofolds. First, pixel-offset data can quantify large dis-
placements even in such areas that completely loses inter-
ferometric coherence, where InSAR data cannot be
unwrapped; we describe coherence and unwrapping later
below. Secondly, in contrast to InSAR data, pixel-offset
data provide us with not only range offset but also azimuth
offset component.While the range offset has the same sen-
sitivity to the 3-D displacement vector as InSAR data
(Figure 4), the azimuth offset is a projection of the dis-
placement vector onto the unitary vector perpendicular
to the LOS. Hence, the azimuth offset data are comple-
mentary to the range offset or InSAR data. Taking advan-
tage of this property, Fialko et al. (2001) derived a full 3-D
displacement map for the 1999 M7.1 Hector Mine earth-
quake, combining the InSAR data from both ascending
and descending track with the azimuth offset data. Using
pixel-offset data from both descending and ascending
track, Tobita et al. (2001a, b) inferred a 3-D displacement
map associated with the 2,000 eruption episode at Usu
volcano.

Interferometric phase and its relation to geometry:
Suppose we have two co-registered SLC images, E1
and E2, acquired from different ranges r1 and r2:

E1 ¼ e jf Scatter e�
4pr1
l (2a)

jfScatter �4pr2

E2 ¼ e e l (2b)

Here we assume that the reflection magnitude and scat-

tering phase are constant during the data acquisition time.
Then, the interferometric phase f is derived as

E1E
�
2 ¼ e�

4pðr1�r2Þ
l (3)

or

f ¼ 4p
l
ðr1 � r2Þ (4)

The last one is the fundamental equation for InSAR,

which describes “unwrapped” phase in the initial interfer-
ogram. The actual phase in the initial interferogram is
“wrapped” into an interval [�p, p], and thus has ambigu-
ities of 2pN; N is integer. In order to quantify the ground
displacement along radar LOS, we have to perform 2-D
phase unwrapping on the interferogram, which is not nec-
essarily straightforward (Bamler and Hartl, 1998; Ghilia
and Pritt, 1998). While the interferometric phase is strictly
a phase “difference” of two SLC phases, it is conventional
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to simply call phase. The factor 4 is to take into account
the round-trip distances.

Figure 5 is a cross section that is perpendicular to the
satellite repeat tracks and passes through the Earth’s cen-
ter, and shows a geometry of InSAR data acquisition.
The spatial separation of the repeating orbits is termed
baseline (or spatial baseline), B; the temporal separation
of data acquisition is sometimes called temporal baseline.
Because the baseline B is usually much shorter than the
ground range distance R, a parallel ray approximation
holds (Zebker et al., 1994) and the fundamental Equation 4
can be approximated as follows:
A2B

α

θ

r2

r1

Spheroid

A1

B//

H

re r0

B⊥

SAR Interferometry, Figure 5 Geometry of InSAR data
acquisition and its relation to the baseline. The A1 and A2 are the
satellite’s repeat orbits, and the spatial distance between the A1
and A2 is the baseline B. The initial InSAR phase is proportional
to the difference between the ranges, r1 and r2, and hence the
Bpara (eq. 5). The fringe rate (density) along the range axis is
proportional to the Bperp (eq. 6).
f ¼ 4p
l
ðr1 � r2Þ � � 4p

l
B== ¼ B sinðy� aÞ; (5)

where y and a are defined in Figure 5, and B== (or Bpara) is
a baseline component parallel to the radar LOS. The angle
y is called off-nadir angle, and is identical to incidence
angle if the Earth’s curvature is negligible. The other base-
line component B? (or Bperp) is perpendicular to radar
LOS and gives us an important criterion for successful
InSAR processing as we discuss below.

Decorrelation (Coherence): In the actual InSAR data
processing, we do not necessarily get clear fringes over
the entire area. Depending on the data pairs and places, it
is not uncommon that no fringes are observed. To detect
clear fringes, the reflected waves received at master and
slave acquisitions must be more or less correlated to each
other. The degree of correlation is quantified as coherence,
and there are two independent decorrelation sources.

The first source of decorrelation originates in the imag-
ing geometry. As Figure 6 indicates, we observed higher
(fewer) fringe density as becomes longer (shorter); ima-
gine the case of zero baseline length. The fringe density
can be derived from the gradient of phase (Equation 5)
along the range axis:

@f
@R

¼ � 4pB?
lR tan y

þ 4pB?
lðre þHÞ siny � � 4pB?

lR tany
: (6)

Namely, the fringe density is proportional to the per-

pendicular baseline B?, and inversely proportional to the
wavelength l; see Simons and Rosen (2007) for the case
with topography. If the fringe density becomes too high
to be counted within a range resolution of SAR image,
we will not be able to identify any orbital fringes. This
type of decorrelation is termed baseline decorrelation (or
spatial decorrelation). The critical baseline is given as
such a perpendicular baseline that gives a phase gradient
2p over the range resolution Dr;

Bc
? ¼ lR tan y

2Dr
:

For a typical value of ALOS/PALSAR with

l ¼ 23ðcmÞ, R ¼ 870ðkmÞ, y ¼ 34�, Dr ¼ 5ðmÞ, the crit-
ical baseline becomes Bc

? ¼ 135; 000ðmÞ, which gives an
upper limit of B?. However, we practically prefer much
shorter B?, generally less than �2,000 m for ALOS/
PALSAR, because in more realistic situations the effect
of topography also comes in. The longer the B?, the more
sensitive to rugged terrain as Figure 6 indicates. To elimi-
nate topographic fringes, we need more accurate and
higher resolution DEM if the B? becomes longer.
Massonnet et al. (1996) proposed an alternative approach
that could effectively reduce the B? by a combination of
integer multiplied (wrapped) interferograms. For instance,
if one interferogram with perpendicular baseline of
300 m is combined with the other interferogram with per-
pendicular baseline of 290 m with factors 1 and �1,
the effective perpendicular baseline becomes 10 m.
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The scaling operation, however, also scales the amount of
noise, and thus the approach is limited to small integer
numbers.

The second type of decorrelation is termed temporal
decorrelation, which is related to the scattering phase in
the Equation 2a, and originates in how the microwave
pulses interact with the physical objects near the ground.
We often encounter the temporal decorrelation problem
over vegetated areas with C-band (shorter-wavelength)
SAR data and/or snow-covered areas; see Figure 7. It
should be recalled that each pixel value in SLC image is
a superposition of all the reflected microwaves from all
scatterers inside each resolution cell (�5 � �10 m).
Short-wavelength microwave pulses tend to be reflected
on the vegetation canopies before reaching the ground sur-
face, and their random motion will result in different scat-
tering phases at different acquisition time, causing
temporal decorrelation. On the contrary, long-wavelength
microwave pulses can more easily reach the ground,
which does not move as rapidly as vegetations, and thus
the resulting scattering phases will be also stable over
time. Besides the selection of wavelength, the polarization
shorter
Bper

SAR Interferometry, Figure 6 The fringe rate (density) depends on
fringes, and thus better to detect deformation signals. In order wo
number of fringes. The InSAR image is based on JERS data over Izu-O
JAXA and MITI, Japan.

Izu-Oshima

JERS(L-band, 23.5 cm, HH)

1992.10.15-1995.5.14

SAR Interferometry, Figure 7 Comparison of two interferograms a
and (right) C-band VV ERS data. While clear fringes are observed to
the fringes only around the caldera that are covered with few vege
of microwave is also essential for better coherence over
time. While, most presently, operated satellite-SAR sen-
sors are capable of multi-polarization modes, it was shown
that HH-polarization gives better coherence than VV-
polarization (Cloude and Papathanassiou, 1998). This is
because the HH-polarized pulses can more easily pene-
trate through vegetations.
Outlook for InSAR geodesy
Limitations of present InSAR: Although it has a potential
to detect tens of km-scale or even larger-scale secular
deformation signals on the order of mm/year, InSAR tech-
nique has been most successfully applied to detection of
spatially localized signals on the order of centimeters or
more, such as those associated with earthquakes, volcanic
eruptions, and ground subsidence. This is because the arti-
facts due to inaccurate satellite orbit data and/or micro-
wave propagation delays (advances) in the troposphere
(ionosphere) can mask small-amplitude, long-wavelength
deformation signals that are similar in both their amplitude
and the spatial scale.
longerp

the Bperp; see eq (6). The shorter the Bperp, the fewer the observed
rds, there is a limit in the Bperp over which we cannot count the
shima volcano island, Japan. Original SAR data is copyrighted by

ERS(C-band, 5.6 cm, VV)

1995.10.1-1997.9.1

Izu-Oshima

t Izu-Osima volcano, derived from (left) L-band HH JERS data
the left even with 2.5 years temporal baseline, we can recognize
tations.
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Although high-precision orbit data are indispensable to
correct for the orbital fringes in the initial interferograms,
their errors even on the order of 10 cm or less will generate
non-negligible long-wavelength artifacts, which usually
look like curved surfaces in the entire interferogram
(e.g., Hanssen, 2001). Conventionally, they are fitted with
low-order polynomials and simply taken out unless any
sort of stacking or time-series analysis discussed below
is applied. While this procedure works to eliminate the
artifacts due to orbit errors, it will also take out any long-
wavelength geophysically interesting signals such as the
inter-seismic, post-seismic, ocean tidal loading, solid-
Earth tide, and post-glacial rebound signals. Alternatively,
if the ground control points (GCP) are available, where the
precision ground deformation data are available, we can
reestimate the baseline, based on those GCP data (e.g.,
Rosen et al., 1996), but such data are often unavailable
in remote areas.

One approach to correct for the tropospheric delay sig-
nals is to employ the other independent estimates derived
from either the GPS-based tropospheric delay estimates
(e.g., Onn and Zebker, 2006) or the output results from
high-resolution numerical weather model (e.g., Foster
et al., 2006). These so-called calibration approaches are,
however, not easily applicable. The dense ground-based
GPS network is limited to a few areas in the world. Also,
high-resolution numerical weather model still needs
significant computational resources.

Besides the tropospheric delay problem, the effects of
ionosphere on both interferograms and pixel-offset images
were clearly recognized in the results of the 2008
Wenchuan earthquake (Mw7.9), China, derived from
ALOS/PALSAR (Kobayashi et al., 2009; Raucoules and
deMichele, 2010), although they were pointed out in polar
region many years ago (e.g., Matter and Gray, 2002). It is
well known that the lower the carrier frequency is, the
more significant the ionospheric dispersion impacts on
the propagation delay. Thus, in many of the previous
applications of C-band SAR data, the effects of iono-
sphere could have been neglected. While GPS also
employs L-band, the high-precision GPS geodetic survey
corrects for the ionospheric effect with the use of dual fre-
quency, L1 and L2, observation data. In contrast,
PALSAR is a single frequency SAR sensor and incapa-
ble of the standard ionosphere-correction approach.
Empirically, however, we will encounter the ionospheric
signals more frequently in the ascending data acquired in
the local nighttime than in the descending data acquired
in the local daytime. We also recall that the JERS, the
other L-band SAR operated during 1992–1998, did not
reveal any significant ionospheric signals at least in
mid-latitude regions, and that most of the JERS data
were acquired in the descending track. Besides the lati-
tude, the effects of ionosphere on SAR image might,
therefore, significantly depend on the data acquisition
time. Like the tropospheric effects, detailed studies of
ionospheric impacts on the SAR data are also currently
underway.
A simple approach to eliminate those noises is stacking,
in which several interferograms are stacked to isolate
small-amplitude signals, because those noises can be
regarded as temporally random, whereas the deformation
signals are spatially persistent. Two important pre-
requisites for successful stacking are: (1) the data acquisi-
tion dates of those interferograms should not be
overlapped, in order not to enhance the noises of any par-
ticular acquisition date(s), and (2) each temporal baseline
should be as long as possible so that each interferogram
can include as much deformation signals as possible. In
reality, it is not easy to gather many independent interfer-
ograms that have desirably long temporal baselines
because the available data often encounter the spatial
and temporal decorrelation. Also, the simple stacking
approach inherently assumes temporally linear evolution
in the ground deformation, preventing us from deriving
time-series data.

Time-Series Analysis: Ferretti et al. (2000, 2001) pro-
posed a new analysis technique called Permanent Scat-
terer InSAR (PS-InSAR), in which they take advantage of
even such data pairs whose spatial baselines are longer
than the critical values. Thereby, they could expand the
temporal coverage, and thus could estimate the long-term
deformation signals on the order of mm/year. Key idea
of PS-InSAR is to pick up only such pixels that will
exhibit long-term coherence due to the existence of
corner-reflector-like targets, which Ferretti et al. called
“permanent scatterers.” Based on those pixels alone, they
generate a stack of differential interferograms, using avail-
able DEM and orbit data. The phase values include not
only deformation signals, but also such topographic sig-
nals that were not initially taken into account, because
the longer spatial baseline pairs are so sensitive to the
topography that the available DEM could not account
for. In PS-InSAR and its variants (Werner et al., 2003;
Hooper et al., 2004), they fit the differential interferogram
stack to a phase model that describes not only temporal
evolution of deformation but also corrections to the avail-
able DEM. Deviations from the phase model can be fil-
tered into either non-linear deformation or atmospheric
signals because the former signals are correlated and thus
low-pass filtered along temporal axis, while the latter sig-
nals are temporally random; the orbit data must be
assumed to be correct. A known limitation of PS-InSAR
is its rather lower sampling density over non-urban areas.
However, despite a lack of man-made objects, Furuya
et al. (2007) succeeded in detecting active salt tectonic
motion, applying a similar technique to Canyonlands
National Park, Utah, presumably because the area was
non-vegetated and the exposed surface rocks behaved like
corner-reflector-like targets.

Another time-series analysis approach was devised and
known as small baseline subset (SBAS) algorithm
(Berardino et al., 2002). Key idea of the SBAS algorithm
is least-squares inversion of unknown deformation at each
SAR data acquisition epoch, based on the available
unwrapped differential interferograms (e.g., Lundgren
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et al., 2001; Schmidt and Burgmann, 2003). Using small
baseline interferometric pairs, the SBAS approach is free
from spatial decorrelation and allows us to take advantage
of the fine spatial resolution of InSAR data. If the number
of interferograms is greater than or equal to the number of
SAR acquisitions, the inversion problem becomes an
over-determined or well-determined problem, and can be
easily solved in a least-squares approach. It is uncommon,
however, that all the available interferometric pairs have
short baselines, and accordingly the temporal sampling
rate will decrease. Berardino et al. (2002) proposed to
employ several groups of “small baseline subset” to over-
come the lower temporal resolution issue, and solved the
rank-deficient problem with the use of singular value
decomposition (SVD) technique. The SVD gives the min-
imum-norm least-squares solution, which is equivalent to
minimizing the estimated velocities at any time intervals.

Time-series analysis of SAR data is a promising tech-
nique, but almost all previous analyses are based on the
C-band ERS1/2 and Envisat data, because not only
more-than-decade-long data but also high-precision,
well-controlled satellite orbits are available for these satel-
lites. As noted before, not all geophysically interesting
phenomena could be detected by C-band and shorter-
wavelength SAR data. If the L-band ALOS/PALSAR data
are archived for a much longer time, and if the follow-on
ALOS-2 and the DESDynI are launched as scheduled,
the time-series analysis of SAR data will become feasible
even in areas that have never been monitored before. The
time-series analysis with ScanSAR data should also be
possible. Long-term continuous monitoring with L-band
SAR will provide us with more opportunities for new
discoveries.
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Definition
FTLRS. Acronym for French transportable laser ranging
system (Nicolas et al., 2001).
ILRS. Acronym for International laser ranging service.
International service established in 1998 (Pearlman
et al., 2002). See entry Geodesy, Networks and Reference
Systems.
Laser. Acronym for light amplification by stimulated
emission of radiation.
Least-squares method. Optimization method. See
(Tarantola, 2004).
LLR. Acronym for lunar laser ranging. See (Bender et al.,
1973).
Introduction
The Satellite Laser Ranging (SLR) technique was born in
1964, with the first returns obtained from the satellite
Beacon Explorer B. Since the launch of the first dedicated
laser satellite Starlette in 1975 (Schutz et al., 1993; Barlier
and Lefebvre, 2001), SLR has provided range measure-
ments which have been the foundations of, not only pre-
cise orbit computations, but also major geodetic
products, fundamental for many Geosciences applica-
tions. One of the advantages is that the onboard equipment
is light, cheap, has an infinite lifetime, and does not con-
sume any energy.
Technique
Principle and instrumentation
SLR is based on the measurement of the round-trip time of
flight of laser pulses, between a ground station and
a satellite orbiting round the Earth. As the measurements
are carried out in the visible (or near visible) spectrum,
the technique is dependent on weather conditions; it does
not work under a cloudy sky. The satellite is equipped (if
not entirely covered) with reflectors specially designed
to reflect the laser in the incident direction. The ground
station is composed of several instruments: a laser, a tele-
scope for the emission and/or the reception of light,
a detection system (for the start and the return of the laser),
an event timer, a timing system for the chronometry, a
frequency standard, a measurement calibration system
(required because of the instrumental instabilities),
a weather station (for the atmospheric correction, see
Sect. Data analysis and orbitography), and a completely
computerized system to pilot the telescope during the sat-
ellite tracking, to process the measurements, and to send
the data obtained.

This complex ground instrumentation requires
a permanent staff to (1) maintain the instruments and, con-
sequently, to guarantee a stable quality of the measure-
ments and to (2) track the satellites. This constant
manpower requirement and the need for a cloudless sky
to track satellites are drawbacks of the technique, even if
some stations are now on the way toward automation.
Moreover, these requirements make the SLR technique
different (but not less effective, far from it) from the other
satellite techniques: Doppler Orbitography and
Radiopositioning Integrated by Satellite (DORIS), Global
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Positioning System (GPS) – see entryGPS, Data Acquisi-
tion and Analysis, GLObal NAvigation Satellite System
(GLONASS), and the future Galileo (Europe) and Com-
pass (China) systems. Indeed, these systems (will) operate
whatever the weather conditions and their complexity lies
more in the spatial segment.

Data
The raw observations produced during a satellite pass over
a station are not directly put at the disposal of the scientific
community. Indeed, with nearly 10 laser pulses per sec-
ond, a significant number of returns can be obtained.
Roughly speaking, these latter are thus compressed to
deduce the so-called “normal points,” gathering all the
information contained in full-rate points, over specific
spans of time, depending on the satellite altitude. The
ILRS recommended algorithm is available at http://ilrs.
gsfc.nasa.gov/products_formats_procedures/normal_
point/np_algo.html. Normal point files per satellite can be
retrieved through the ILRS data centers at ftp://cddis.gsfc.
nasa.gov/slr/ and http://www.dgfi.badw-muenchen.de/
edc/edc.html.

Technological evolution
Since the early seventies, the SLR technology and, conse-
quently, the measurement quality have constantly
improved, starting at a 1.5 m precision level, with
a significant step toward the millimeter accuracy reached
in the nineties (Degnan, 1993). Presently, a typical laser
configuration is (1) a wavelength of 532 nm (green),
(2) a pulse width ranging from 35 to 200 ps, and (3) a fire
rate of 5, 10, or 20 Hz. The overall accuracy of the
measurements is assessed at the 5 mm level for a few
stations – see (Exertier et al., 2006) who also provide
a complete error budget of the technique.

The principal technological improvements under study
are the following (Noll and Pearlman, 2007, 6-1): reduc-
tion of the pulse length to 10 ps to improve the single shot
precision; kHz laser ranging to improve the normal point
precision (by providing a larger number of averaged raw
data per normal point) and the speed of target acquisition
during satellite tracking, together with more precise event
timers (precision of 3 ps or less); multi-wavelength rang-
ing to test possible improvements of the atmospheric
correction.

Satellite constellation
Passive laser satellites have been developed for geodesy
purposes. Their low area to mass ratios minimize the
amplitude of the surface forces (atmospheric drag, for
instance). The SLR network first tracks dedicated satel-
lites, which have a practically infinite lifetime. The two
first SLR satellites were Starlette, developed by CNES
(France) in 1975, with a 812 km perigee height, and
LAGEOS, launched by NASA (United States) in 1976,
with a 5,860 km perigee height. They were followed by
similar satellites in the eighties and in the nineties: Ajisai
(1986, Japan, 1,490 km), Etalon-1 and -2 satellites
(1989, USSR, 19,120 km), LAGEOS-2 (1992, United
States and Italy, 5,620 km), and Stella (1993, France,
800 km). The constellation of SLR geodetic satellites is
now composed of orbits with a wide range of altitudes
and inclinations to the equator, providing various dynam-
ical configurations. Some new SLR-only missions are
under investigation, such as the LAGEOS III mission,
for purposes concerning fundamental physics (Ciufolini,
1994).

The network also tracks (or has tracked) non-specific
SLR satellites equipped with laser retroreflectors:
altimetric (TOPEX/Poséidon, Jason-1, Jason-2), remote
sensing (ERS-1 and -2, ENVISAT), gravimetric
(CHAMP, GRACE-A and -B, GOCE), and GNSS satel-
lites (some GPS, GLONASS, and Galileo – GIOVE-A
and -B – satellites).

Currently, 34 artificial satellites are being tracked by the
network. Moreover, few stations, equipped with large tele-
scopes have the capability to measure the range to the
Moon (LLR technique). One station is located in Europe
(Grasse, France, telescope with a 1.6 m aperture), and
two others are located in North America: at Apache point,
in southern NewMexico, where the Apollo project utilizes
a 3.5 m telescope, and at the McDonald Observatory,
University of Texas (75 cm). See http://ilrs.gsfc.nasa.
gov/satellite_missions/list_of_satellites/.
Ground network
Starting with five stations in the early seventies, the net-
work configuration evolved over the last 35 years and
the number of stations has been stable for several years.
The current network is composed of about 30 stations
(see http://ilrs.gsfc.nasa.gov/stations), distributed among
20 countries or so. Most of these stations observe only
during night, a few having as well the capability of
observing in daylight (useful for Global Navigation Sat-
ellite System – GNSS – satellite tracking, see Sect. Data
analysis and orbitography). The distribution of this net-
work, as is the case for the Very Long Baseline Interfer-
ometry (VLBI) network (see entry Very Long Baseline
Interferometry), is generally admitted as a weakness of
the technique. Indeed, in the northern hemisphere, most
stations are located at mid-latitudes; in the southern
hemisphere, there are only few stations (5, typically).
Moreover, the densification and the maintenance of an
ideal network are dependent on political decisions and
the economic context (because of the financial commit-
ments required to both build and maintain a SLR
station).

This situation should improve in the near future, thanks
to projects such as the NASA SLR2000 project
(completely automated, eye-safe, highly reliable, and
low-cost SLR stations), recently relaunched (McGarry
and Zagwodski, 2008) and now called NGSLR, or thanks
to mobile systems (FTLRS, for instance).

http://ilrs.gsfc.nasa.gov/products_formats_procedures/normal_point/np_algo.html
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Data analysis and orbitography
General principle
A typical data analysis follows this two-step sketch, which
is more or less the same for GPS and DORIS data
analyses:

1. Orbit computation, per satellite. The physical forces
acting on the satellite motion account for gravitational
(Earth’s gravity field, including the time-varying part,
luni-solar attraction) and non-gravitational perturba-
tions (mainly atmospheric drag and radiation pressure).
The equations of motion are numerically propagated to
provide time series of a state vector of orbital elements.
The theoretical range rate is then computed, on the
basis of these time series, and on geodetic products
such as the Terrestrial Reference Frame (TRF), Earth
Orientation Parameters – EOP, and some station dis-
placement models. These “theoretical observations”
are finally compared, in a least-squares sense, with
the real data to estimate some dynamical parameters
(initial satellite state vector, drag coefficients, etc.).
Moreover, empirical accelerations can be estimated to
compensate for some part of the modeling deficiencies
(Crétaux et al., 1994) and, consequently, to improve the
post-fit residual level. The computations are iterated
until a given stop condition is fulfilled.

2. Geodetic parameter estimation. The orbital arcs are
simultaneously used to derive predicted range mea-
surements, together with a priori values of the parame-
ters to be estimated and required models. Updates of
the geodetic parameters (station positions, EOP, etc.),
and generally of some of the dynamical parameters
estimated during step 1, are then estimated in a least-
square sense. If necessary, during this step, the
measurements can be gathered for several different
satellites and over a long period of time.

Most of the models applied (station displacements,
Earth’s gravity field, atmospheric density, etc.) are not
specific to the SLR data processing. Their list is provided
in the International Earth Rotation and Reference Systems
Service (IERS) conventions (McCarthy and Petit, 2004).

Specific corrections
As they are carried out in the visible spectrum, SLR laser
beams are not affected by the ionosphere crossing, in com-
parison to the radio-electric signals. But the tropospheric
propagation still limits their accuracy. Recently, an
improved model of zenith delay has been developed
(Mendes and Pavlis, 2004). This model, together with an
improved mapping function (Mendes et al., 2001), is cur-
rently the standard for SLR data analyses. This correction
takes typical values of several meters and its inaccuracy is
still assessed at a few-mm level (Exertier et al., 2006). In
order to reach the 1-mm accuracy in the near future,
improvements are under study; for example, ray tracing
(Hulley and Pavlis, 2007) and multi-wavelength systems
(Hamal et al., 2008).
The temporal spread of returned laser pulses due to the
reflection from multiple reflectors on the satellite is
another significant error at the 1-mm level. To better han-
dle these effects, (Otsubo and Appleby, 2003) have
recently proposed system-dependent center-of-mass cor-
rections for spherical satellites (LAGEOS, Ajisai, and
Etalon), with variations up to 10 mm. Efforts are still in
progress in order to better understand and take these
effects into account in SLR analyses (Luck et al., 2008,
Sect. 8).

Despite the systematic in situ calibrations, ranges can
be affected by systematic errors, dependent on the instru-
mentation: time and range biases. Due to their strong cor-
relation with station heights, much attention is paid to
range biases and their temporal variations. They are
indeed constantly monitored in the framework of the ILRS
activities – cf. (Otsubo et al., 2009) for instance. More-
over, analysis efforts towards better estimations of these
biases are in progress, see (Appleby et al., 2009) as an
example. Typical bias values range from a few millimeter
to centimetric values. These biases can be handled in dif-
ferent ways (applied and/or estimated) during any data
processing.

Finally, in a relativistic context, the propagation of light
between a ground station and a near-Earth satellite induces
a supplementary time delay with respect to the purely geo-
metric path (Ries et al., 1988). This correction takes few-
mm values.

LAGEOS satellites
Due to their relatively high altitudes (about 6, 000 km),
both LAGEOS satellites are essential targets and their
orbits are permanently tracked and computed with great
care. Since their launch, the quality of the computed orbits
has evolved with the technique: from a 50 cm precision in
1976 (Exertier et al., 2006) to a few centimeters in the mid
nineties (Marshall et al., 1995) to nearly 1 cm nowadays.
Additionally, various non-gravitational effects have been
evidenced in the LAGEOS-1 orbit: solar radiation pres-
sure, Yarkovsky–Shah thermal effect, asymmetric reflec-
tivity of the satellite surface, and asymmetric thermal
emissivity of the Earth (Métris et al., 1999).

GNSS satellites
Since the first study (Degnan and Pavlis, 1994), and some-
times through dedicated campaigns such as IGEX-98
(Barlier et al., 2001), SLR has always contributed to the
validation of GNSS orbits. This validation generally con-
sists in the comparison between SLR range measurements
to GNSS satellites and the predicted ranges computed with
the GNSS-only orbits. According to (Urschl et al., 2007),
the consistency (assessed over nearly four years) between
SLR and GPS (resp. GLONASS) is at an accuracy level
of �3 cm (resp. �3 mm) with a precision at the level of
2.5 cm (resp. 5 cm). Further studies are in progress to get
an exhaustive understanding of the inter-technique differ-
ences. Furthermore, all satellites of the future GNSS
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Galileo system with be equipped with Laser Ranging
Arrays (LRA) for such orbit validations.

Applications to geodesy and geodynamics
Earth’s gravity field
Before the launch of dedicated space missions (CHAMP,
GRACE, and GOCE), the gravity field models were
mainly built on the basis of SLR data acquired on the
whole constellation, providing various dynamical config-
urations (semi-major axes, inclinations to the equator),
and, consequently, various sensitivities to the mass distri-
bution within the Earth’s system. The GRIM5-S1 model
(Biancale et al., 2000), one of the latest SLR-only based,
was prepared in a joint German–French effort. The solu-
tion was obtained by solving simultaneously for the grav-
itational and ocean tide potentials and tracking station
positions. Nowadays, long wavelengths of the gravity
field are still deduced from SLR data, accurate enough to
provide a value of the Earth’s gravitational constant with
10 significant digits (corresponding to an orbital post-fit
residual error of the order of a few centimeters), see
(Tapley et al., 1993). Since the CHAMP mission was
launched in 2000, followed by the GRACE mission in
2002, and GOCE in 2009, a new generation of nearly
monthly Earth’s gravity field models was initiated,
benefiting both from the high sensitivity of the orbit
(a few hundred km high) to regional variations and from
accelerometric data, measuring the non-gravitational
forces (mainly atmospheric drag). The GRACE-only
models expanded in spherical harmonics provide coeffi-
cients up to degree and order 360. See (Reigber et al.,
2003; Lemoine et al., 2007; Tapley et al., 2005) and entries
Gravity Field of the Earth and Gravity Field, Temporal
Variations from Space Techniques.

Mass variations within the Earth’s dynamic system
have a temporal spectrum ranging from hours to decades,
and even longer, that can be evidenced by SLR data,
because they are available over a very long period of time.
Many of them are related to both long-term and short-term
climate forcing, and are linked to mass redistribution in
the atmosphere, ocean, and continental water (Chen
et al., 2000; Cheng and Tapley, 2004). By the next years,
SLR data, moreover, are likely to provide an unique
opportunity to continue to monitor the Earth’s gravity
field, after the end-of-life of the CHAMP, GRACE, and
GOCE missions.

Terrestrial reference frame and Earth’s rotation
Since the first computation of a combined TRF in 1984
(called BTS84), SLR has always been a keystone of the
BTS (BIH – Bureau International de l’Heure – Terrestrial
System) and, after 1988, of the International Terrestrial
Reference System (ITRS, see entry Geodesy, Networks
and Reference Systems) realizations (McCarthy and Petit,
2004, Chap. 4). Indeed, their origin and scale definitions
have always strongly involved this technique. Parallel to
the SLR-positioning precision, starting with a decimetric
precision (BTS84), the successive ITRF versions have
turned 1 cm-precision level with the ITRF96. For the more
recently published version (ITRF2005), the whole preci-
sion of positions (resp. velocities) is under 2 mm (resp.
1 mm/y). And, for the first time of the ITRF history, the
ITRF2005 was computed with times series of (weekly
for SLR) station positions and (daily for SLR) EOP.
Regarding positioning, the weekly WRMS for the well
performing SLR stations is 5 mm for both planimetry
and height (Altamimi et al., 2007). For comparison, the
weekly WRMS for GPS are 2 mm (resp. 5 mm) for
planimetry (resp. for height). It must be noted that the most
recent ITRS realization (ITRF2008) is now available
(http://itrf.ign.fr/ITRF_solutions/2008).

Regarding Earth’s rotation, SLR provides (with the
LAGEOS data) the longest space-geodetic time series of
EOP (Gross, 2009). Starting with a 10 milliarcsecond
(mas) precision in the seventies, the discrepancy between
the SLR and the IERS polar motion series was assessed
at the level of 0.3 mas in the mid 2000 years (Gambis,
2004). (Coulot et al., 2010) have recently showed that sig-
nificant precision improvements are still possible with the
help of a rigorous referencing.
Global Earth’s deformations
For many years, SLR has provided unique and inestimable
information about the geocenter motion (Pavlis and
Kuźmicz-Cieślak, 2009a). The geocenter motion is the
3-dimensional motion of the instantaneous Earth’s cen-
ter-of-mass with respect to any conventional reference
(the ITRF secular origin, for instance). It is related to the
responses of the Earth to the displacements of its fluid
masses (atmosphere, ocean, etc.) and its temporal varia-
tions are dominated by annual signals of few mm ampli-
tudes. (Collilieux et al., 2009) provide an exhaustive
review about this geodynamical signal and, moreover,
assess the effect of the SLR network on its determination.

The ITR2005 computation has been a good opportunity
to study the residual position time series which contain the
non-linear part of the station motions. Regarding SLR sta-
tion positions, most of the time series evidence annual sig-
nals. As surface loading effects (see van Dam et al. (2002)
and http://www.sbl.statkart.no/) are not currently modeled
in the routine data processing, they are supposed to be
evidenced by the position series. (Collilieux et al., 2010)
show that an a posteriori correction for these effects with
a geodynamical model leads to a reduction of the ampli-
tudes of the annual signals for a majority of stations. Fur-
thermore, (Pavlis et al., 2009) strongly recommend the
modeling of such effects in the future SLR data processing
to achieve a better accuracy.
Altimetry and sea level monitoring
Stable and accurate TRF, satellites orbits, and altimeter
measurements are prerequisites for robust altimetric Mean
Sea Level (MSL) computations over large time periods
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(Leuliette et al., 2004; Beckley et al., 2007; Ablain et al.,
2009). Indeed, these conditions are crucial to connect the
data provided by successive missions. Since the advent
of altimetry (launch of TOPEX/Poséidon in 1992), SLR
has contributed to all these efforts, first regarding the
TRF (see Sect. Terrestrial reference frame and Earth's
rotation). SLR has also played amajor role in the Precision
Orbit Determination (POD) framework, additionally to
DORIS and GPS data. For instance, the technique has
recently contributed to the achievement of a 1-cm radial
accuracy for the orbit of Jason-1 (Luthcke et al., 2003).
In this context, the laser-based short-arc technique
(Bonnefond et al., 1999) is also a major method to assess
the radial accuracy of the altimetric satellites on an opera-
tional basis. Finally, thanks to thoroughly instrumented
sites, it is possible to monitor both bias and drift of the
radar altimeters, by taking advantage of direct overflight
passes (see http://www.gavdos.tuc.gr/intro.jsp for an illus-
tration of the calibration principle). The French campaigns
led in Corsica with the FTLRS show that the quality of
such a calibration mainly depends on the accurate posi-
tioning (mainly deduced from Starlette and Stella data)
of the mobile system and on the stability of its range bias
(Gourine et al., 2008).
Summary
Observing and understanding the system Earth require
numerous and accurate geodetic measurements over both
spatial and temporal wide spectra. Since the early
seventies, the SLR technique has provided such measure-
ments, inestimable for the progress of Space Geodesy and,
consequently, of Earth’s sciences. Nowadays, in the
Global Geodetic Observing System (GGOS) context,
and, more particularly, with the stringent requirements
on the ITRF accuracy (1 mm and 0.1 mm/y) and the cru-
cial need of taking advantage of the features of each
space-geodetic technique, SLR still has a major role to
play.

Moreover, to reach the ambitious goals fixed for the
near future, this technique is currently renewed. From
a technological point of view, the kHz ranging has recently
showed the wide spectrum of its abilities, see the dedi-
cated sections in (Luck et al., 2008; Schillak, 2009).
Regarding the ground and spatial segments, the design
of the ideal SLR network of the future is in progress
(Pavlis and Kuźmicz-Cieślak, 2009b), as is the design of
the next generation of SLR stations, and new satellite mis-
sions are already planned. Concerning the data analysis,
new modelings should help to improve the accuracy of
the products (Pavlis et al., 2009). More particularly, the
unprecedented quality of the Earth’s gravity field models
reached with the GRACE (Tapley et al., 2004) and GOCE
missions should allow the use of low-orbiting satellite
(Starlette, Stella, and Ajisai) data for station position com-
putations (Lejba and Schillak, 2009).

Finally, new fundamental objectives have recently been
fixed for the SLR technique in the time (frequency)
domain, though time transfer projects (Samain et al.,
2009) and interplanetary navigation (Ni et al., 2002).
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Definition
Seafloor spreading is the mechanism by which new oce-
anic lithosphere is created at and moves away from diver-
gent plate boundaries. The seafloor spreading hypothesis
led to one of the most important paradigm shifts in the his-
tory of the Earth sciences.

Introduction
The revolutionary seafloor spreading hypothesis improved
and subsumed the continental drift hypothesis, and rapidly
culminated in what is now known as the plate tectonics
scientific revolution. It was first hypothesized by Hess in
1960, in a widely circulated preprint and paper (Hess,
1962) he considered so speculative that he called it “an
essay in geopoetry”. This hypothesis was named “seafloor
spreading” in another influential early paper (Dietz, 1961).
It offered a simple explanation for many problems with the
prevailing paradigm that the Earth was a mostly static,
slowly contracting planet, with fixed continents and old
ocean basins, and no large-scale horizontal displacements.
This paradigm had previously been challenged, most nota-
bly by Wegener’s continental drift hypothesis (Wegener,
1912), and by paleomagnetic measurements in the 1950s
that were consistent with continental drift, but before the
1960s these ideas were not generally accepted.
The revolution
Hess realized that if mantle convection carried seafloor and
continents away from seafloor spreading centers (mid-ocean
ridges) toward trenches (subduction zones), with new sea-
floor formed at ridge axes and destroyed at trenches, this
would explain the shallow bathymetry, earthquakes, high
heat flow, lack of sediments, and extensional structures char-
acterizing ridge axes, as well as the deep trenches, earth-
quakes, compressional structures, mountain ranges, and
volcanoes characterizing subduction zones.

A key step in the confirmation of seafloor spreading
was the recognition by Vine and Matthews (1963) (and
independently by Morley, in a paper unfortunately turned
down as too speculative by bothNature and the Journal of
Geophysical Research, eventually published in Morley
and Larochelle, 1964), which offered a simple explanation
for the existence of puzzling magnetic “stripes” on the sea-
floor. The Vine–Matthews (or Vine–Matthews–Morley)
hypothesis proposed that a combination of seafloor spread-
ing and episodic reversals of the Earth’s magnetic field (at
the time another very speculative idea) would create alternat-
ing zones of normally and reversely magnetized crust, and
thus linear positive and negative magnetic anomalies in
a pattern symmetric about the spreading axis.

The next key step in the revolution occurred in 1965,
when Wilson noted that deformation of the Earth’s crust
is concentrated in narrow mobile belts, and postulated that
these features are all interconnected in a global network,
the first qualitative model of plate tectonics (Wilson,
1965). The zones of extension and compression are
connected by a new class of faults defined by Wilson as
transform faults, which required relative plate motion
and turned out to be the most important type of fault on
Earth. He showed that seafloor spreading occurring on off-
set mid-ocean ridge axes would produce relative motion
exactly opposite to the motion the sense of offset would
predict without seafloor spreading, and that earthquakes
should only occur between the offset seafloor spreading
axes. These radical predictions, completely opposite to
prevailing wisdom, were soon confirmed seismically. Fur-
thermore, by correctly interpreting the San Andreas fault
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as a transform fault between the Pacific and North Amer-
ican plates, he predicted the existence of previously
unrecognized seafloor spreading offshore western North
America. Vine and Wilson (1965) showed that the
predicted magnetic symmetry existed in this area, where
magnetic stripes had been discovered in the mid-1950s
(Mason, 1958; Mason and Raff, 1961; Raff and Mason,
1961), over what they recognized as the Juan de Fuca
Ridge (Figure 1), and furthermore, that the pattern of
stripes corresponded perfectly with the pattern of mag-
netic field reversals (Cox et al., 1963; McDougall and
Tarling, 1963), once the Jaramillo anomaly was discov-
ered. Vine (1966) also demonstrated similar symmetry
and correlation with the reversal timescale in another
important data set, the Project Magnet aeromagnetic data
collected over the Reykjanes Ridge south of Iceland. His
color figures of these classic data sets and correlations
(Vine, 1968) became iconic.
Seafloor Spreading, Figure 1 Raff and Mason (1961) magnetic stri
(arrows) by Vine and Wilson (1965). (From Vine, 1966. Reprinted wi
The smoking gun for many scientists was the discovery
by Pitman and Heirtzler (1966) of near perfect symmetry
in the Eltanin-19 profile collected over the Pacific–
Antarctic Ridge. Essentially every tiny wiggle seen in
the magnetic anomaly profile on the Pacific plate was mir-
rored on the Antarctic plate, and correlated perfectly with
the magnetic reversal time scale (Figure 2). The symmetry
in these data required a symmetric axial process, with
new seafloor carried away on both plates, and thus pro-
vided compelling evidence for both the Vine–Matthews
and seafloor spreading hypotheses. Vine convincingly
summarized this evidence in influential symposia and
publications (Vine, 1966, 1968), and, by the end of
1966, seafloor spreading was generally accepted by
marine geophysicists, who quickly extrapolated the mag-
netic reversal time scale from �10 Ma to �80 Ma and
worked out at least the basic recent evolutionary history
of every ocean basin.
pes recognized as symmetric about seafloor spreading axes
th permission from AAAS.)
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This scientific revolution culminated in plate tectonics
the following year when Morgan (1968) and McKenzie
and Parker (1967) made the key assumption that plates
behave rigidly, and extendedWilson’s transform fault geom-
etry to the sphere. They showed that transforms are small cir-
cles about rotation poles describing relative plate motion,
that seafloor spreading rates increase as the sine of the angu-
lar distance away from these poles, and that it was possible to
use known patterns of seafloor spreading to quantitatively
predict other plate motions and plate boundary evolution.

Ridge axis geometry, morphology, and crustal
formation
Volcanism along the mid-ocean ridge system has formed
the longest mountain chain on Earth (Figure 3). As the
plates slowly (�0–150 mm/yr, or km/Myr, at present,
DeMets et al., 2010, with rates remarkably similar whether
using magnetic anomalies or geodetic measurements such
as GPS) move apart by seafloor spreading, magma from
the hot asthenosphere rises to fill the crack at mid-ocean
ridge axes, elevated because of the higher temperatures.
Both axial depth and morphology correlate with spreading
rate (Macdonald, 1982). Fast-spreading ridge axes such as
the East Pacific Rise generally have shallow depths and
relatively smooth morphologies, with very small exten-
sional axial summit troughs (except where these are
completely buried by the latest eruption in the neovolcanic
rift zone). Slow spreading ridges such as the Mid-Atlantic
Ridge generally have much deeper, rougher, and higher-
amplitude axial valleys (Figure 4), except near hotspots
such as Iceland where magma supply is unusually large
and even slow-spreading ridges have shallow axes with
fast-spreading morphology.

The asthenosphere typically melts to become mid-
ocean ridge basalt in a magma chamber under the ridge
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axis. Some basalt is erupted onto the seafloor to form pil-
low basalts and lava flows, which are progressively cov-
ered by sediments as the lithosphere ages and moves
away from the axis. Below the basalts are the sheeted
dikes, the paths through which the lava moved from
magma chambers to the surface, and below the dikes
are the layered gabbros which cooled and crystallized in
place (intrusives) rather than erupting at axial volcanoes
(extrusives). This typical sequence of mantle ultramafics –
gabbro – sheeted dikes – extrusive basalts – sediments is
observed on the seafloor in tectonic windows where
existing lithosphere is rifted apart, and also where slices
of old ocean lithosphere are thrust into ophiolite mountain
belts as in Oman and Cyprus (Karson, 2002).

Hydrothermal vents
As the new seafloor cools it contracts and cracks.Water goes
down these cracks, is heated, reacts with the surrounding
rocks, and comes back up as buoyant hydrothermal vents
(Baker and German, 2004). These occur at a range of chem-
istries and temperatures, up to �400�C in black smokers,
so-called because of the sulfide-rich plumes that precipitate
suddenly when the superheated water is injected into the sur-
rounding �2�C seawater, forming sulfide chimneys
(Figure 5). White and clear smokers occur at lower tempera-
tures. The chemical reactions provide energy for an unusual
kind of life that does not depend on photosynthesis but flour-
ishes as chemosynthetic communities at many of these vents,
rare deep-ocean oases in an otherwise extremely barren envi-
ronment (Kelley et al., 2002).

Summary
Seafloor spreading was a critical step in the contentious
scientific revolution from the previous static Earth para-
digm to the now universally accepted plate tectonic para-
digm. Today it refers to the processes creating new
oceanic lithosphere where plates move apart. Seafloor
spreading replaces the lithosphere destroyed by subduc-
tion, and exerts important influences on Earth’s chemical
and biological evolution.
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Definition
Sedimentary basins are regions of prolonged subsidence
of the Earth’s surface that provide the accommodation
space for mineral and organic material (Allen and Allen,
2005). These deposits – the sedimentary rocks – are the
record of the past geological history including tectonic
events, climatic conditions, changes in sea level, and other
environmental modifications. In addition, sedimentary
basins are long-lived, low-temperature geo-reactors in
which the accumulated material experiences a variety of
transformations (Bjorlykke, 2010; Littke et al., 2008;
Roure et al., 2009; Welte et al., 1997). As a result of these
processes, basins contain our resources of fossil fuels,
ground water, and inorganic commodities. Moreover, they
are important reservoirs of heat and repositories for differ-
ent socioeconomically relevant fluids such as CO2.
Basin types
Basins can be classified in terms of their plate-tectonic set-
ting. The plate-tectonic Wilson cycle (Figure 1) describes
that the relative movements of plates on the sphere of the
earth result in a closed loop of continental rifting and
breakup, ocean basin development, closure of oceans at
subduction zones and, in consequence of plate conver-
gence, continental growth.

Basins thus can form as continental rifts that may
evolve either into intracontinental basins or lead to conti-
nental breakup and ocean basin formation. New oceanic
lithosphere (see entry Lithosphere, Oceanic) is produced
along the Mid Ocean Ridges due to oceanic spreading. If
oceanic lithosphere cools, it becomes denser and subsides
in the oceanic basins that are bordered by passive conti-
nental margins. Of the latter “hot” or volcanic passive mar-
gins are distinguished from “cold” or nonvolcanic passive
margins (White et al., 2003). If oceanic lithosphere cools
beyond a specific threshold, it becomes too heavy to be
sustained by the less dense asthenosphere and will finally
descend back to the mantle at subduction zones. In these
convergent settings, the descending plate is flexed
downward and deep oceanic trenches develop above
the down-going plate. Subduction may culminate in
continent–continent collision if the oceanic lithosphere
is entirely subducted and collisional fold and thrust belts
form. Loading by collision-related fold and thrust belts
also causes a downward flexure of the lithosphere and
foreland basins to form. The Wilson Cycle may stop at
any evolutionary step, because the causative forces cease
to be effective. Accordingly, a continental rift not neces-
sarily develops into an ocean basin, but may survive for
hundreds of millions of years as an intracontinental basin
(Heine et al., 2008; Littke et al., 2008). Finally, horizontal
movements along strike-slip faults may also cause local
extension and related pull-apart basins (Allen and Allen,
2005; Petrunin and Sobolev, 2008; Smit et al., 2010;
Weber and group, 2009).

These different types of basins have a characteristic
structure of the sediment fill as well as of the underlying
crust and mantle lithosphere. This concerns the geometric
configuration, the distribution of physical properties, and
the resulting isostatic (see entry Isostasy) and thermal con-
figuration. To assess the configuration of a basin, a wide
spectrum of methods has to be integrated. Observations
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obtained from field measurements, from deep seismic
imaging (see entry Deep Seismic Reflection and Refrac-
tion Profiling), and from wells drilled into the basin fill,
potential field data, and heat flow (see entry Heat Flow
Measurements, Continental) data as well as new data sets
from remote sensing need to be integrated with numerical
models that simulate processes in basins at different
scales.

Figure 2 shows exemplary crustal sections across the
Norwegian passive margin and across the intracontinental
Central European Basin System.

Basin-forming mechanisms
There are three main mechanisms leading to the formation
of sedimentary basins (Allen and Allen, 2005)

1. Extensional stresses causing the lithosphere to thin
2. Flexure of the lithosphere in response to surface load-

ing or compressive stresses
3. Viscous flow of the mantle causing positive or negative

topography

All these mechanisms may act separately or in concert,
and may affect the lithosphere over a range of spatial and
temporal scales.

Conceptual models of basin formation
Conceptual models of basin formation (Figure 3) attempt
to integrate geophysical and geological observations
describing the geometry and the physical state of a basin
into evolutionary schemes that explain basin evolution.
These conceptual models also need to be consistent with
data on the rheological behavior of rocks known from
lab experiments as well as with data on the thermal and
deformation history. All these conceptual models
represent end-member scenarios and explain a large frac-
tion of observed phenomena in specific basins.

In the concept of passive rifting (Figure 3) the litho-
sphere is stretched in response to extensional tectonic
stress. This may result in pure shear thinning (McKenzie,
1978), in simple shear thinning (Wernicke, 1981), or in
a mixture of the two (Lister et al., 1986).

The uniform stretching model (McKenzie, 1978) pre-
dicts a crustal and lithosphere thickness proportional to
the stretching factor ß where ß is the ratio between initial
lithosphere thickness and the stretched lithosphere thick-
ness. Lithosphere thinning results in a passive rise of the
isotherm at the thermal lithosphere–asthenosphere bound-
ary (Turcotte and Schubert, 2002). This, in turn, causes
additional thermal subsidence after the stress ceases to
be effective and cooling of the previously heated litho-
sphere causes a density increase. In this model, uniform
and symmetric lithospheric thinning by ß takes place and
is accommodated by brittle faulting in the upper crust as
well as by ductile flow in the lower crust and upper mantle.
The uniform stretching model predicts a 2-stage subsi-
dence: (1) as a result of tectonic stretching – on a short
timescale, (10–20 my), and (2) as a result of thermal sub-
sidence – on a longer time scale (50–100 my). Structur-
ally, the uniform stretching model predicts syn-rift
extensional faults in the upper crust with syn-rift sedi-
ments overlain by onlapping post-rift sediments of the
thermal subsidence phase. The thermal history predicted
by the uniform stretching model includes an initial heat
peak due to the rise of the isotherm at the LAB to
a shallower position (and thus an increase of the thermal
gradient within the lithosphere) followed by continuous
cooling during thermal re-equilibration.

Depth-dependent stretching (Sclater and Christie,
1980) is a modification of the uniform stretching model
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and accounts for different stretching magnitudes in the
upper brittle part of the crust by a factor ß and the deeper
lithosphere by a factor g. In the asymmetric stretching
models (Lister et al., 1986; Wernicke, 1981) crust- to
lithosphere-scale listric faults accommodate large offsets
in response to extensional stress and finally may lead to
continental breakup with an “upper plate” margin devel-
oping from the hanging wall of the master detachment
fault and a “lower plate” margin in the foot wall
(Osmundsen and Ebbing, 2008; Sibuet et al., 2007; Zuber
et al., 1986). In particular, nonvolcanic margins like the
Galicia-Newfoundland (Sibuet et al., 2007) are commonly
explained by this mechanism. Geodynamic modelling
studies (Braun and van der Beek, 2004; Buck, 1991;
Cloetingh et al., 1998; Huismans et al., 2005; Huismans
and Beaumont, 2008; Kusznir and Ziegler, 1992; Lavier
et al., 1999; Pascal and Cloetingh, 2002; Pérez-Gussinyé
et al., 2006; Royden and Keen, 1980; Sclater and Christie,
1980; Simon et al., 2009; van Wijk, 2005; Wijns et al.,
2005; Zuber et al., 1986) indicate that the nature of rheo-
logical coupling between the crust and the lithospheric
mantle, local strain weakening and strengthening, and
the rate of extension are the dominant factors controlling
not only the subsidence evolution of basins but also if they
develop in a symmetric or asymmetric style and in
a narrow or wide rift mode.

In the concept of active rifting, basin initiation is caused
by the impingement of a rising hot asthenospheric mantle
plume (Allen and Allen, 2005; Burov and Cloetingh,
2009; Haxby et al., 1976; Turcotte and Schubert, 2002).
The concept of active rifting is in fact a special case of
basins initiated by dynamic topography. The emplacement
of the mantle plume (see entry Mantle Plumes) causes
uplift and induces extensional stresses at the flanks of the
uplifted area due to gravitational potential. The active rise
of the isotherm may lead to surface uplift above the
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erosional level and the eroded material may be removed
from the system. Density increase in the lithosphere due
to subsequent cooling causes surface subsidence and the
formation of a sedimentary basin in the previously uplifted
area. As the process is transient, the system would re-
equilibrate after the thermal anomaly and the related
dynamic topography stop to exist. For isostatic reasons,
net subsidence will only occur if either igneous underplating
of the crust has taken place (light crust replaced by dense
underplate) or if material is removed from the system by
erosion during uplift. Systematic work assessing the contri-
bution of the three processes to subsidence (extension due to
gravity potential, crustal underplating, and erosion-related
mass loss) is still missing. The active rift model predicts
weak to missing syn-rift faulting, a syn-rift erosional uncon-
formity, and a subsidence history corresponding predomi-
nantly to thermal subsidence. Actually, the active rift
model predicts a subsidence history identical to a specific
end-member case of (passive) depth-dependent stretching
in which the mantle lithosphere is severely thinned whereas
the crust is not. However, the active rift model predicts
a colder heat flow scenario than the passive rift model, as
the thermal gradient is not disturbed by an initial thinning
of the lithosphere.

According to the concept of dynamic topography
basins can also be initiated in response to downward flow
of high density material in the convective mantle, a pro-
cess causing negative dynamic topography. This mecha-
nism could be related to detached subduction slabs
sinking into the asthenospheric mantle and is discussed
as an explanation for the subsidence of intracontinental
basins that subside over several hundreds of millions of
years at a very slow rate (Allen and Allen, 2005; Heine
et al., 2008; Ritzmann and Faleide, 2009).

Two main conceptual models exist for flexural basins
that form as response of the flexural rigidity of the litho-
sphere (Watts, 2001) to external loads: (1) downward flex-
ure of the lithosphere due to vertical loading (Zhang and
Bott, 2000) and (2) formation of crustal- to lithosphere-
scale folds in response to horizontal compressive stress,
a process also called lithosphere buckling (Burov and
Cloetingh, 2009; Burov and Diament, 1992; Cloetingh
and Burov, 2010). Both concepts predict a lack of syn-rift
extensional faulting, a cold thermal scenario, and subsi-
dence lasting only as long as the stress is effective (either
vertical as load or horizontal as tectonic stress). Due to
structural similarity, lithosphere buckling in response to
far-field compressive tectonic stress (Burov and
Cloetingh, 2009; Burov and Diament, 1992) can be
mistaken as an expression of active rifting if the analyzed
region is too small to capture the full wavelength of
the buckling. Again, the different predicted subsidence
and thermal histories can help to distinguish the two.

Vertical loading by sediments enhances subsidence in
basins of all geodynamic settings (Watts, 2001). It has
recently been proposed that mineral phase transitions
may also play a role for subsidence history in different tec-
tonic settings (Kaus et al., 2005).
The configuration of the sediment fill
The sediment fill can vary in thickness between a few to up
to 20 km and is analyzed using stratigraphic methods
(Allen and Allen, 2005; Catuneanu, 2006; Einsele et al.,
1991; Vail et al., 1991) to assess the nature of sediments
(sand, silt, shale, carbonates, evaporites), the depositional
environment (continental or marine), and the climatic con-
ditions prevailing during the time of deposition. Subsidence
and deposition may alternate with nondeposition due to sea
level fall or tectonic surface uplift, and lead to stratigraphic
gaps separating different sequences (Figure 2). In addition,
the rate of subsidence and sedimentation as well as of uplift
and erosion may change with time. Stratigraphic gaps and
changes in depositional conditions are expressed as uncon-
formities separating sedimentary sequences the analysis of
which is required to understand the history of a basin.

Progressive sedimentation and subsidence goes along
with changes in physical properties of the deposited sedi-
ments. The two most prominent changes are (1) an
increase in temperature and (2) a decrease in porosity with
increasing burial depth. The initially high porosity of each
layer decreases as the load of the covering deposits
increases and fluids filling the initial pores are expelled.
Also, chemical compaction may lead to a loss in porosity.
With decreasing porosity, physical properties like density,
seismic velocity, or thermal conductivity increase.

Stratigraphic analysis is performed in field studies if the
fill of a basin is accessible in outcrops due to postdepo-
sitional uplift. Most of the sedimentary basins, however,
extend by their very nature (areas of enduring subsidence)
into the subsurface and to large depths. Accordingly, sub-
surface analytical methods are required to assess their con-
figuration. The most important of these methods is seismic
imaging. Seismic reflections (see entry Deep Seismic
Reflection and Refraction Profiling) originate from the
contrast in impedance at discontinuities in the subsurface
that can represent stratigraphic boundaries, and unconfor-
mities or changes in attributes of a specific layer. The
reflection seismic technique provides a picture of these
interfaces in a two-way-travel time that is constrained by
wells. Wells provide information on the absolute depth
position of stratigraphic horizons and enable the conver-
sion of seismic travel times to depth. Furthermore, wells
yield data on the thermal gradient with depth as well as
on changes in lithology and petrophysical properties.
Properties such as composition, compaction, porosity, per-
meability, density, thermal and hydraulic conductivity,
radiogenic heat production (see entry Radiogenic Heat
Production of Rocks), and content and maturation of
organic matter are measured using Geophysical Well Log-
ging methods.

Apart from recording changes in relative sea level or
climatic conditions, the configuration of the sediment fill
may be influenced by deformation (Kley et al., 2008).
Accordingly, sediments can be faulted, folded in response
to tectonic forces, or deformed due to halokinetic move-
ments (Hudec and Jackson, 2007; Scheck-Wenderoth
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et al., 2008). This deformation can take place pre-, syn-, or
postdepositionally, each of which is expressed by charac-
teristic structural styles.

In particular, basin initiation in extensional plate-
tectonic conditions is typically associated with normal
faulting in the upper crust leading to a thinning of the lith-
osphere and to the accumulation of syn-rift deposits. After
the tectonic stresses have declined, basins experience
a phase of post-rift thermal subsidence and may even
experience late basin inversion in response to compressive
stress (Cooper and Williams, 1989; Mazur et al., 2005;
Sandiford, 1999) (Figure 2).

Finally, there is a feedback between surface processes
and deep mechanisms in the sense that isostatic loading
by sediments will increase total subsidence and erosion
of basin flanks will cause flexural rebound (Braun, 2005;
Braun et al., 2008; Braun and van der Beek, 2004;
Garcia-Castellanos, 2002; Kounov et al., 2007; Simoes
et al., 2010; Van der Beek, 2007; Willenbring and von
Blanckenburg, 2010).

The configuration of the crust beneath
sedimentary basins
The different mechanisms responsible for the thinning of
the lithosphere leave characteristic traces that can be
detected with geophysical observations, which, however,
are not always leading to unique interpretations. The most
prominent attribute of the crust beneath sedimentary
basins is that it is thinned compared to neighboring
regions. Deep seismic data imaging of the preserved thick-
ness of the crust helps to determine the amount of the
stretching factor ß as the ratio between the initial crustal
thickness as often preserved outside the basin margins
and the crustal thickness beneath the basin. Crustal
Sedimentary Basins, Table 1 Overview on physical properties of
Christensen and Mooney, 1995), thermal properties (After Artemie
Förster and Förster, 2000; Ritter et al., 2004; Scheck-Wenderoth an

Dominant lithology
Thermal con
l [W/mK]

Sea water 0.563
S Uncompacted fine-grained siliciclastics 1.2 (2
E Slightly compacted fine-grained siliciclastics 1.8 (2
D Medium compacted fine-grained siliciclastics 2.0 (2
I Compacted fine-grained siliciclastics 2.1 (2
M Strongly compacted fine-grained siliciclastics 2.1 (2
E Compacted siliciclastics with carbonates 2.1 (2
N Carbonates:chalk 1.7
T Carbonates: limestones, dolomites 2.4
S Rock salt 3.5 (5
Crust Granites and gneisses 2.7 (3
Continent Mafic granulites/gabbros/eclogites 2.6 (3

Gabbros 2.6 (3
Basalt 1.8 (2

Crust Sheeted dikes/gabbroic intrusions 2.3 (2
Ocean Gabbro 2.3 (3
Mantle Peridotite continent 3.95 (

Peridotite ocean 3.95 (
thinning can vary considerably across a basin with values
of ß largest in the area of strongest thinning. The average
initial thickness of the crust may reach up to 50 km in cra-
tonic areas, around 30 km in Phanerozoic continental
domains and less than 10 km below oceans.

As the crystalline crust is characterized by a higher density
and higher velocities of seismic waves than the sediments,
the interface between the two can be detected. Accordingly,
the interpretation of gravity anomalies (see entry Gravity
Anomalies, Interpretation) and the analysis of the observed
variation of seismic velocities are key to evaluate the crustal
structure. Refraction seismic techniques are used to detect
variations in seismic p-wave velocities at depth whereas
reflection seismicmethods are useful to evaluate the changes
in reflectivity of the deeper crust.

Seismic p-wave velocities (Vp) increase to values
>6 km/s in the upper crystalline crust and can range up
to 7.4 km/s (Christensen and Mooney, 1995) depending
on the composition of the crust. There is a negative corre-
lation between the Quartz content of crystalline rocks and
seismic p-wave velocity as well as density. Silicic (Quartz-
rich) rocks are characterized by smaller velocities and
lower densities than mafic rocks (Table 1). Seismic shear
wave velocities are also higher for crystalline than for sed-
imentary rocks, but are also dependent of additional
parameters (Christensen and Mooney, 1995). Accord-
ingly, the Vp/Vs-ratio is an additional parameter helping
to interpret crustal structure (Afonso et al., 2010; Mjelde
et al., 2003). As also the magnetic properties are different
for mafic (Fe-rich) and silicic (Fe-poor) rocks, the inter-
pretation of magnetic anomalies is an additional technique
for the evaluation of the crustal structure beneath basins.

At the crust–mantle boundary (Moho), often a charac-
teristic reflection and a sudden increase of seismic p-wave
rocks relevant to sedimentary basins: seismic properties (After
va, 2006; Cermak and Rybach, 1982; Fernandez et al., 2005;
d Maystrenko, 2008)

ductivity Heat production
S [mW/m3] Density [kg/m3]

p-wave
velocity [km/s]

0 1,030 1.48
.0) 1 1,950 2.05
.2) 1 2,200 2.2
.2) 1 2,250 2.2
.3) 1 2,550 3.5
.3) 1 2,630 4.3
.5) 0.9 2,640 5.5–6.0

0.6 2,000 3.4
0.6 2,600 6.0

.4) 0.1 2,150 4.0–5.5

.2) 0.8 2,790 6.0–6.7

.0) 0.3 3,120 6.8–7.0

.0) 0.5 3,150 7.1–7.6

.1) 0.4 2,580 4.0–5.0

.6) 0.2 2,890 5.0–6.7

.0) 0.2 3,150 7.1–7.6
3.2) 0.03 3,330 8.0–8.3
3.2) 0.03 3,180 7.8
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velocity to values>8 km/s is observed in deep seismic data
marking the transition to the lithospheric mantle (Bauer
et al., 2000; DEKORPBASIN and Group, 1999; Fowler,
1996; Hirsch et al., 2009a; Levander et al., 2006; Meissner
and Group, 1991; Thybo and Nielsen, 2009; Turcotte and
Schubert, 2002; Weber and group, 2009). This is related
to the change in composition from various crustal rocks
to the mantle consisting mainly of peridotite.

As less dense sediments replace a denser crystalline
crust, sedimentary basins should be characterized by
a negative Bouguer anomaly with highest amplitude in
the basin center after re-equilibration of the isotherm.
Many basins, however, are characterized by a long-
wavelength negative Bouger anomaly with positive anom-
alies superimposed. This observation, together with strong
variations in the crustal velocity structure beneath sedimen-
tary basins challenge the classical concepts of crustal thin-
ning and related Moho uplift in that they commonly occur
in concert with a flat Moho (Thybo and Nielsen, 2009).

Crustal bodies with seismic velocities>7 km, generally
referred to as “high-velocity bodies,” are observed in the
lower crust beneath many intracontinental rift structures
as, for example, the Baikal and the Kenya Rifts (Thybo
and Nielsen, 2009), beneath intracontinental basins as,
for example, in the Danish Basin (Nielsen and Thybo,
2006), and beneath extended passive margins as, for
example, at the conjugate margins of the North and South
Atlantic (Bauer et al., 2000; Contrucci et al., 2004; Faleide
et al., 2008; Franke et al., 2007; Hirsch et al., 2009a;
Mjelde et al., 2002; Mjelde et al., 2005; Sibuet et al.,
2007). Gravity analysis indicates that these bodies are also
characterized by higher densities than the average crust
(Fernàndez et al., 2010, 2005; Franke et al., 2007; Hirsch
et al., 2009a; Maystrenko and Scheck-Wenderoth, 2009;
Osmundsen and Ebbing, 2008).

Differential thinning with depth (Huismans et al., 2005;
Huismans and Beaumont, 2008; Kusznir and Ziegler,
1992; Lavier et al., 1999; Lavier and Steckler, 1997;
Pascal and Cloetingh, 2002; Sclater and Christie, 1980;
Steckler and Watts, 1978), emplacement of magmatic
material in the crust during the thinning process or mag-
matic underplating (Thybo and Nielsen, 2009; Burg and
Gerya, 2008) are some possible processes during basin
formation and evolution that can be responsible for the
actual configuration of the crust beneath a specific basin.
The relative contributions of the processes vary strongly
for different basins, and, accordingly, their relative impor-
tance in general terms is still under debate.

Moreover, structural inheritance may have a fundamen-
tal role in defining the crustal and lithosphere structure.
Successive suturing of different plates in Earth history
may result in a mosaic of crustal domains with contrasting
physical properties, possibly also including lower crustal
bodies predating the rifting process (Ebbing et al., 2009;
Faleide et al., 2008; Plomerová and Babuska, 2010;
Scheck-Wenderoth and Lamarche, 2005; van Wijk,
2005; Vauchez et al., 1998). In basins developing on such
a substrate such older rheological discontinuities may be
reactivated to localize deformation in areas of reduced
strength, thus also facilitating discontinuous stretching
with depth.
The configuration of the mantle lithosphere
Much less is known on the configuration of the mantle
lithosphere below sedimentary basins due to the limited
amount of direct observations. Though reflections and
lateral variations in p-wave velocities in the lithospheric
mantle have been observed in deep seismic data, the
energy used in active seismic experiments is generally
not sufficient to reach depth intervals below the Moho.
Also, the gravity signal from the lithospheric mantle is dif-
ficult to isolate from the cumulative signal of the entire
lithosphere. Recent development in the acquisition and
evaluation of passive seismological data (Dalton and Faul,
2010; Fishwick, 2010; Geissler et al., 2010; Heintz and
Kennett, 2005; Hieronymus and Goes, 2010; Plomerová
and Babuska, 2010; Priestley et al., 2006; Ritzmann and
Faleide, 2009; Zhang and Lay, 1996), electromagnetic
and magnetotelluricmethods (see entriesMagnetotelluric
Interpretation; Magnetotelluric Data Processing) (Jones
et al., 2010), together with remote sensing gravity obser-
vation (Kaban et al., 2003; Schotman et al., 2009), as well
as geochemical data (O’Reilly and Griffin, 2010; Trum-
bull et al., 2002; Wang, 2010) and thermal studies
(Artemieva, 2006, 2009; Hasterok and Chapman, 2007;
Hieronymus and Goes, 2010) indicates that the litho-
spheric mantle is less homogenous than previously
thought. Apart from strong differences in thickness, also
considerable lateral variations in surface heat flow (see
entry Heat Flow Measurements, Continental) are
observed, with a positive correlation between the two.
The lithosphere-asthenosphere boundary (LAB) may be
located deeper than 250 km in cratonic areas, lies at
around 100 km beneath Phanerozoic continental domains
and old oceans, and is close to the seafloor at Mid Ocean
Ridges.

Agreement is established that the LAB is a fundamental
boundary in plate-tectonic theory that separates the rigid
plates from ductile convecting material below the plates
(Artemieva, 2009; Eaton et al., 2009; Jones et al., 2010).
Three broad definitions in terms of a mechanical boundary
layer, a thermal boundary layer, and a chemical boundary
layer are based on different types of data and partly in geo-
metrical conflict. For the evolution of sedimentary basins,
the depth of the thermal LAB is especially relevant as it
determines the thermal and mechanical state of the litho-
sphere subjected to any of the basin-forming mechanisms.
Systematic mapping of lithosphere thickness beneath sed-
imentary basins is, however, still lacking. The thermal
LAB is interpreted as an isotherm of about 1,300�C and
its depth corresponds to the depth where a continental con-
ductive geotherm intersects the mantle adiabat. This is
corroborated by heat flow inversion studies in continental
lithosphere (see entry Lithosphere, Continental)
(Artemieva, 2009), by combined thermal and gravity
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modelling (Fernàndez et al., 2010, 2005; Hasterok and
Chapman, 2007; Hyndman et al., 2009; Scheck-
Wenderoth andMaystrenko, 2008) and by cooling models
in oceanic lithosphere (see entry Lithosphere, Oceanic)
(Crosby et al., 2006; McKenzie, 1978; Sclater, 2003; Stein
and Stein, 1992).

Isostatically, thinning of the lithospheric mantle results
in net surface uplift as heavier lithospheric mantle is
replaced by less dense asthenospheric material (active rift
model). Only if the interaction with surface processes
takes place (erosion), net subsidence takes place due to
subsequent cooling of the asthenospheric material.
Heat flow in sedimentary basins
The thermal field in sedimentary basins has been of pri-
mary interest in the exploration of fossil fuels (Welte
et al., 1997) and gains increasing importance for the
use of geothermal energy (Huenges, 2010). Moreover,
together with composition, temperature is a main control-
ling factor for the rheological behavior of the lithosphere
and accordingly its deformation. The hotter the litho-
sphere, the weaker is its rheology and the easier it is
thinned to form a sedimentary basin. Accordingly, the
main controlling factors for the thermal state of a basin
are its plate-tectonic setting and its evolutionary stage.

In terms of observables, surface heat flow measure-
ments and temperatures measured in wells characterize
the present-day thermal state of a basin, whereas the matu-
rity of organic matter (Welte et al., 1997) and thermochro-
nological data (Andriessen, 1995; Braun, 2005; Braun and
van der Beek, 2004; Kounov et al., 2007; Simoes et al.,
2010; Van der Beek, 2007; Willenbring and von
Blanckenburg, 2010) provide a record of the thermal
history.

Different families of integrated process-oriented
models attempt to reproduce these observables and indi-
cate that several processes contribute to the heat flow in
sedimentary basins. There is a first-order contrast in ther-
mal properties between sedimentary and crystalline rocks,
in that sediments are thermally less conductive and pro-
duce less radiogenic heat than crystalline crustal rocks
(Table 1). The amount of heat entering the basin at the base
of the sediment fill depends on the thickness and compo-
sition of the crystalline crust as well as on the depth of
the thermal LAB. The mafic components of the crust and
the lithospheric mantle are characterized by a high thermal
conductivity but low radiogenic heat production. Accord-
ingly, the shallower the LAB and the thicker and radio-
genic the crystalline crust, the more heat arrives at the
base of the sediments. Due to their higher porosities, the
thermally low-conductive sediments act as a thermal blan-
ket, causing heat storage in the basin (Cacace et al., 2010;
Theissen and Rüpke, 2009; Van Wees et al., 2009). In
addition, the sediments contribute a modest but, in the
sum, considerable amount of radiogenic heat to the sys-
tem. Also within the sediment fill, the thermal properties
may vary (Table 1) with the thermal conductivity of salt
being two times larger than that of clastic sediments. The
upper part of sedimentary basins may store paleoclimatic
signals of previous glaciations as present-day permafrost
down to more than 700 m depth attest.

In response to the distribution of thermal parameters
long-wavelength variations in temperatures in sedimen-
tary basins (scale of hundreds of kilometers) are deter-
mined by the crustal structure and composition as well as
by the thickness of the lithosphere (Cacace et al., 2010;
Hasterok and Chapman, 2007; Hyndman et al., 2009;
Scheck-Wenderoth and Maystrenko, 2008; Sclater, 2003).
In contrast, the short-wavelength pattern of temperature
distribution (scale of kilometers) is controlled by the inter-
nal configuration of the sediment fill.

Heat transfer by conduction is assumed to dominate the
transport of heat in the lithosphere in contrast to the
convecting mantle (see entry Mantle Convection). While
geological and geochemical data proved that additional
hydrothermal heat transport takes place along faults in
the lithosphere, there is an ongoing debate on how far the
thermal field in sedimentary basins is additionally
influenced by convective heat transport due to moving
pore fluids. The inherent vertical anisotropy due to the lay-
ered nature of sediments counteracts the development of
free convection on a basin-wide scale (Bjorlykke, 2010)
but local convection is indicated by geochemical data from
hydrogeological studies and models of coupled fluid and
heat transport (Magri et al., 2009).

Summarizing, the heat flow regime in a specific basin
may vary spatially though some ranges can be given for
different types of basins (Allen and Allen, 2005): Typi-
cally, the surface heat flow in intracontinental basins
varies between 40 and 70 mW/m2, can be up to
150 mW/m2 in active rifts or close to volcanic arcs, and
can reach values higher than 180 mW/m2 at mid ocean
ridges and oceanic rifts. In oceanic basins, surface heat
flow decreases with increasing distance from the mid
ocean ridges according to the cooling of the lithosphere
with age (Parsons and Sclater, 1977; Stein and Stein,
1992). The surface heat flow at passive margins depends
on the age of the adjacent oceanic lithosphere. At young
margins as in the 55-my-old North Atlantic, the surface
heat flow is still controlled by the cooling of the oceanic
lithosphere that is considerably thinner than the litho-
sphere of the continental margin. This step in the thermal
LAB is consistent with observed heat flow values increas-
ing from 45 mW/m2 at the continental side to 80 mW/m2

at the oceanic side of the margin (Ritter et al., 2004;
Scheck-Wenderoth and Maystrenko, 2008). At older pas-
sive margins as in the 130-my-old South Atlantic, an
opposite trend is observed (Goutorbe and Bonneville,
2008; Hirsch et al., 2009b) with about 45 mW/m2 at the
oceanic side of the margin to up 65 mW/m2 at the conti-
nental side. As the oceanic lithosphere had sufficient time
to cool and thicken, the depth of the thermal LAB is con-
tinuous and similar between the continental and the oce-
anic part of the system. Instead, the radiogenic heat
contribution of the continental crust (see entry Earth’s
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Structure, Continental Crust) thickening toward the conti-
nent becomes the controlling factor for heat input from the
lithosphere.

Flexural basins are generally colder than extensional
basins with average heat flow values around 40 mW/m2

in oceanic trenches and foreland basins. The thermal sig-
nature of strike-slip basins is highly variable as it depends
on the attributes of the lithosphere on which they develop
and if hydrothermal heat transport takes place along the
fault zones.

Summary
The geodynamics of sedimentary basins results from the
interaction of a variety of processes acting on different
spatial and temporal scales. Geophysical and geological
observations indicate that intra-plate stress and heat input
from the asthenospheric mantle are first-order controlling
factors. On the continental lithosphere (see entry Litho-
sphere, Continental), structural inheritance and its impact
on rheology is a third major player controlling the devel-
opment of sedimentary basins. Intra-plate stress deter-
mines if an extensional or a compressional basin is
formed. Temperature dominantly controls the rheological
behavior of the lithosphere in addition to composition.
These two parameters determine if the lithosphere is
thinned uniformly, depth dependently, and in
a symmetric or asymmetric mode. The more layered the
lithosphere rheology is, the more discontinuous and asym-
metric the stretching process will be. In contrast,
a lithosphere deforms in a uniform stretching mode if the
crust is strongly coupled to the mantle and no significant
vertical or horizontal rheology contrasts are present. In
both cases, the magnitude and rates of effective stress as
well as the magnitude of the heat anomaly determine if
stretching takes place slow enough to allow for cooling
related strain hardening or fast enough to result in conti-
nental breakup.

These deep factors interact continuously with surface
processes such as deposition or erosion of sediments
influenced by climatic conditions. Deposition leads to iso-
static loading and enhanced subsidence whereas erosion
results in isostatic unloading and enhanced uplift.
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Definition
Seismic anisotropy refers to the directional dependence of
seismic wave speeds and particle motion polarizations, as
well as the splitting of normal modes, as caused by the
elastic properties of rocks.

Introduction
Many of the minerals that make up Earth are intrinsically
anisotropic. When rocks are progressively deformed over
geologic timescales, the alignment of mineral grains
(lattice-preferred orientation, LPO) can lead to bulk
anisotropy of the rock. Bulk anisotropy can additionally
be generated by an ordered assembly of individually iso-
tropic materials of different wave speeds (shape-preferred
orientation, SPO). Both types of anisotropy are found
within the Earth; SPO anisotropy also highlights
a fundamental ambiguity between isotropic heterogeneity
and anisotropy. Seismic wave propagation through an
anisotropic medium depends on the wavelengths over
which a particular wave type averages, complicating the
analysis of seismological data. Both LPO and SPO imply
significantly different (up to �10%) speeds for waves of
different polarization or propagation directions, and
velocity variations can be larger than those expected from
compositional or thermal heterogeneity. Seismic anisot-
ropy is therefore of fundamental importance for structural
imaging studies. To get robust estimates of the quantities
of interest for geodynamic interpretation, the trade-off
between isotropic and anisotropic structure has to be con-
sidered. Seismic anisotropy provides a powerful link
between seismic observations and the dynamic processes
that shape the solid Earth, for example, convective flow
in the case of LPO in the mantle (Figure 1, see Mantle
Convection). However, anisotropic tomographic inver-
sions are inherently more nonunique than isotropic imag-
ing because a general anisotropic, linearly elastic
medium has 21 independent components of the elasticity
tensor, as opposed to 2 in the isotropic case. As
a consequence of the increased number of parameters
and the differences in how data sampling constrains iso-
tropic and anisotropic structure, more data are needed for
the same level of resolution in an anisotropic inversion.
Typically, additional a priori constraints, such as from
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petrology, are needed to narrow the parameter space.
These complexities make the study of anisotropy in
a geodynamic context inherently multidisciplinary,
involving seismology, mineral physics, rock mechanics,
and geodynamic modeling.
Basic mathematical description
Seismic anisotropy arises when the linear elasticity tensor
C that connects stress, s, and strain, e, tensors as

sij ¼
X3
k¼1

X3
l¼1

Cijklekl (1)
does not simplify to the isotropic form

Cijkl ¼ ldijdkl þ m dikdjl þ dildjk
� �

; (2)

where l and m are the first and second (shear modulus)
Lamé parameters, d the Kronecker delta (dij = 1 for i = j,
and 0 else), and the indices run over the three axes of the
coordinate system, x1, x2, and x3. In general,C has 81 com-
ponents, out of which 21 are independent, and the most
complex (triclinic) form of anisotropy requires the specifi-
cation of all those components (e.g., Hearmon, 1961; Nye,
1985; Anderson, 1989). A typical simplification is to
assume hexagonal anisotropy, which should capture most
aspects of olivine LPO-related anisotropy in the upper
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mantle (Montagner and Anderson, 1989; Browaeys and
Chevrot, 2004; Becker et al., 2006).

If C is expressed in the 6 � 6 Voigt matrix, c, notation
where cmn relates to Cijkl as m = diji + (1 � dij)
(9 � i � j), and n = dklk + (1 � dkl)(9 � k � 1), then the
five Love (1927) parameters for the transversely isotropic
medium that results from hexagonal symmetry
correspond to

A ¼ c11 ¼ rv2PH; C ¼ c33 ¼ rv2PV;

L ¼ c44 ¼ rv2SV; N ¼ c66 ¼ rv2SH; and

F ¼ c11:

(3)

Here, r is density, and v the velocities for P waves
PH, PV
propagating horizontally (H, in x1�x2 plane) and verti-
cally (V, x3-axis), respectively. For shear waves, vSH,SV
in Eq. 3 are the velocities for horizontally propagating
waves that are horizontally or vertically polarized, respec-
tively (see Propagation of Elastic Waves: Fundamentals).
Transverse isotropy as a simplified description of material
anisotropy is widely used and developed in exploration
seismics (e.g., Thomsen, 1986). The top 220 km in the
PREM 1D Earth model (Dziewoński and Anderson,
1981) are also transversely isotropic with vertical symme-
try axis as in Eq. 3; such a medium is said to have bulk
radial anisotropy. (Note that vertically propagating
S waves in this case have the same velocity, vSV, regardless
of polarization direction.)

Different combinations of the Love parameters or cnm
are used in the literature (e.g., Babuška and Cara, 1991);
for example, anisotropy in PREM is described by two
measures of shear- and compressional-wave anisotropy
strength

x ¼ vSH
vSV

� �2

¼ N
L

and j ¼ vPV
vPH

� �2

¼ C
A
; (4)

respectively, and the parameter � = F/(A � 2L), which
controls how velocities change between the vertical and
horizontal directions. Another way to characterize the
anisotropy of a transversely isotropic medium is due to
Thomsen (1986), who defined

e ¼ c11 � c33
2c33

¼ A� C
C

and

g ¼ c66 � c44
2c44

¼ N � L
L

(5)

as two different measures of the P and S wave anisotropy
strength, respectively, and a combined parameter

d� ¼ 1

2c233
2 c13 þ c44ð Þ2� c33 � c44ð Þ c11 þ c33 � 2c44ð Þ
h i

;

(6)

which, for weak anisotropy, simplifies to
d ¼ c13 þ c44ð Þ2 � c33 � c44ð Þ2
2c33 c33 � c44ð Þ : (7)

The d parameter is important for near-vertical P wave

propagation and identical to e for “elliptical” anisotropy
(Thomsen, 1986). Mainprice (2007) provides an account
of other combinations of cmn in use to characterize
a transversely isotropic medium. Those differ, regrettably,
quite substantially in different fields of study.

If the symmetry axis of the hexagonal anisotropy is in
the horizontal plane, the anisotropy is termed azimuthal.
This means that perpendicular fast and slow axes can be
defined for horizontally propagating SV waves, where
waves will propagate with vSV1 > vSV2 along the fast
and slow orientations, respectively. Any perturbations to
phase velocity p, dp, due to general, but small anisotropy
can be expressed as a series of isotropic, p-periodic, and
p/2 periodic terms (e.g., Backus, 1965; Forsyth, 1975):

dp
p
�A0þA1cosð2CÞþA2sinð2CÞþA3cosð4CÞþA4sinð4CÞ:

(8)

Here, C is the azimuth of wave propagation, and

Eq. 8 follows from the wave equation and the rank of
the elasticity tensor (Smith and Dahlen, 1973). For man-
tle rocks, the 2C terms are expected to be larger than the
4C contributions for Rayleigh waves, which are predom-
inantly sensitive to SV (Anderson, 1966; Montagner and
Nataf, 1986). The 4C terms are expected to be bigger
than 2C for Love waves, motivating the focus on
Rayleigh waves for azimuthal anisotropy studies (see
Surface Waves).

In general, the wave propagation effects of any elastic-
ity tensor C can be analyzed by considering a plane wave
u = a exp(�io(t� s · x)) with o angular frequency, and u,
a, s, and x the displacement, polarization, slowness, and
location vectors, respectively (see Propagation of Elastic
Waves: Fundamentals). s shall have the normalized direc-
tion š and length of 1/p. Using the momentum equation üi
= @jsij, Eq. 1, the definition of the strain tensor,
eij ¼ 1

2 @iuj þ @jui
� �

, C’s symmetries, and defining
Mij ¼ 1

rCijkl ŝj ŝl , we can write

Ma ¼ p2a; (9)

which is an eigen problem for the symmetric matrix M.
Equation 9 is called the Christoffel equation (e.g.,
Babuška and Cara, 1991). The eigen vector solutions cor-
respond to one quasi-P and two quasi-S wave directions,
and the associated eigen values are the density–velocity
products rv2P, rv

2
S2, and rv2S1. These quantities can be

contoured for any elasticity tensor, for example as mea-
sured from single crystals, as a function of incidence
angle and azimuth, to visualize the anisotropic properties
of minerals or rocks in isolation (e.g., Mainprice, 2007).
To generate more realistic synthetic body waves
from three-dimensional (3D) variations in anisotropy,
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semi-analytical reflectivity methods can be used if anisot-
ropy is assumed to vary only with depth. However, for the
general case of 3D variations of anisotropy on scales
smaller than a Fresnel zone full, numerical wave propaga-
tion solutions are needed.
Seismological methods
Seismic anisotropy can be detected in a number of ways
that can be broadly classified into body- and surface-wave
methods. The split of a shear wave into a fast and slow
polarization direction as discussed for the solutions of
Eq. 9 is akin to optical birefringence; it is exploited by
the most popular method of measuring anisotropy, that uti-
lizing shear wave splitting (Ando et al., 1983; Vinnik
et al., 1984; Silver and Chan, 1991). For lithospheric and
mantle applications, one typically considers near-vertical
incidence SKS or SKKS core phases (see Body Waves),
because the effects of any source-side anisotropy are
removed by the S-to-P-to-S conversion upon traversal of
the core. The most common splitting measurement con-
sists of detecting the horizontal orientation of the fast (azi-
muth C) pseudo-S wave from recorded particle motions,
as well as determining the delay time dt between the
arrival of the fast and slow S pulses (e.g., Savage, 1999;
Long and Silver, 2009).

Shear wave splitting can be detected using a single
earthquake measured at a single station, if wave propaga-
tion is out of a symmetry axis, and is a unique indicator for
the presence of anisotropy along the ray path. However,
only the highly idealized case of a single, transversely iso-
tropic layer with horizontal symmetry axis can be directly
interpreted in terms of C and dt. Dipping symmetry axes,
non-hexagonal anisotropy, or variations of anisotropy
with depth will all cause a dependence of apparent split-
ting on back-azimuth (e.g., Schulte-Pelkum and
Blackman, 2003). The nonlinear nature of the splitting
measurement and layer splitting itself can lead to a bias
of sensitivity toward the surface (�one wavelength under
the station), and not simple superposition (e.g., Saltzer
et al., 2000). Such complexities make it imperative to
strive for good back-azimuthal coverage, requiring the
recording of several, suitable earthquakes, which is often
a challenge given station-event geometry, or the duration
of temporary deployments. If back-azimuth variations
are detected, those can be used to make inferences about
the variation of anisotropy with depth, which is undefined
based on isolated measurements where anisotropy could,
in principle, arise anywhere between the core mantle
boundary (CMB) and the surface in the case of SKS split-
ting. If regional S arrivals are used, crossing ray paths can
be used to infer 3D variations of anisotropy (e.g., Abt and
Fischer, 2008). For teleseismic arrivals, the use of sensitiv-
ity kernels (e.g., Chevrot, 2006; Long et al., 2008) for the
multichannel type of measurement of splitting holds great
promise for resolving 3D anisotropy in regions for which
close (closer than Fresnel zone width) station spacing is
available. Broadly speaking, shear wave splitting is,
however, a measurement with good lateral (�50 km),
but fairly poor depth resolution (Savage, 1999).

Another single, body-wave arrival method that follows
from Eq. 9 is to use the orientation of the pseudo-P polar-
ization, which may differ by more than 10� from along-ray,
for P polarization anisotropy (Schulte-Pelkum et al., 2001),
Ppol. A measurement of Ppol is sensitive to �half
a wavelength underneath the station. If several, near-
horizontal P paths with different azimuths are available,
as in the case of the refracted Pn phase, which senses under-
neath theMoho, velocities can be plotted against azimuth to
infer azimuthal anisotropy. This methodwas used for one of
the earliest demonstrations of seismic anisotropy by Hess
(1964), and a global comparison of Pn and SKS splitting
can be found in Smith and Ekström (1999). The variations
in delay times of teleseismicwaves can also be used directly
to infer anisotropy in the mantle lithosphere (e.g., Babuška
et al., 1984; Bokelmann, 2002) by means of a tomographic
inversion (see Seismic Tomography), but this method
requires knowledge of the isotropic variations in wave
speeds. This is a challenge for all tomographic approaches
to anisotropy because there will always be a trade-off
between isotropic and anisotropic heterogeneity in the
absence of perfect data coverage (e.g., Tanimoto and
Anderson, 1985). In terms of their depth-sensitivity, the
body-wave methods can be ranked, from shallow to deep,
as Pn, Ppol, SKS, and P delay times (Schulte-Pelkum and
Blackman, 2003).

At crustal depths, anisotropy can additionally be
detected by wide-angle refraction methods (e.g., Meissner
et al., 2002, 2006). Orthogonal profiling, for example,
may show a mismatch of derived seismic velocities, or
a mismatch of refraction and reflection depths that can
be interpreted in terms of anisotropic wave propagation.
Receiver function methods (e.g., Park and Levin, 2002)
(see Seismic, Receiver Function Technique) yield further
evidence of crustal anisotropy from the existence of split
pS conversions. Azimuthal variations in radial-transverse
receiver function amplitudes are diagnostic of anisotropy
versus tilted structure, and of the amount of anisotropy
(e.g., Savage, 1998).

A wealth of information about anisotropy arises
from the study of surface waves. The observation that
Love waves, which mainly sense SH, travel faster than
Rayleigh waves, which mainly sense SV due to their
intrinsic polarities, implies the existence of a mean radial
anisotropy in the upper mantle (Anderson, 1966;
Dziewoński and Anderson, 1981). The existence of azi-
muthal anisotropy was documented for the Pacific by the
study of Rayleigh waves (Forsyth, 1975), and Nataf
et al. (1984) presented radially anisotropic, upper-mantle
tomography. The current state of tomographic models
for global azimuthal and radial anisotropy patterns is
discussed by Montagner (2007). Surface wave propaga-
tion is dispersive, which allows the construction of 3D
models of anisotropy (see Earth’s Structure, Global; Seis-
mology, Global Earthquake Model). The most easily mea-
sured phase-velocity period range for fundamental modes
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between �50 and 150 s samples from the lithosphere
down to �300 km depth, and Figure 2a shows azimuthal
and radial anisotropy at an asthenospheric depth of 150
km as well as a global compilation of SKS splitting results.
At the shallow end, array methods (e.g., Deschamps et al.,
2008) and in particular noise tomography (e.g., Lin et al.,
2008) (see Seismic, Ambient Noise Correlation) facilitate
extending the period range to shorter, crustal periods.
Overtones can be used to constrain the deeper mantle,
down to the 660-km phase transition (e.g., Trampert and
van Heijst, 2002; Lebedev and van der Hilst, 2008).
Lastly, the long-period surface wave equivalent of free
oscillations of the Earth can provide constraints on the
deep Earth, including inner core anisotropy (e.g.,
Woodhouse et al., 1986; Tromp, 2001).

Surface wave studies of anisotropy have fairly good
depth sensitivity in that they are able to locate the origin
of anisotropic signals in the upper mantle to within
�100 km depth. However, particularly compared to body
wave measurements such as SKS splitting, the lateral res-
olution of surface waves is limited, for isotropic structure
to perhaps �500 and �50 km for global and regional
models, respectively, at present. Reasons for discrepancies
between published tomographic models include the
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different treatment of crustal corrections and phase-
velocity measurements, as well as theoretical assumptions
about wave propagation. Perhaps more important factors
are the globally uneven ray path coverage or regulariza-
tion choices.

A complete, 3D model of general seismic anisotropy
would allow for more powerful petrological and
geodynamic inferences than limited studies that focus
only on a few aspects of anisotropy or wave propagation.
Given the wide array of seismological observations,
a desirable procedure to constrain the full 3D dependence
of anisotropy is to compare different measures of anisot-
ropy (e.g., Montagner et al., 2000; Wüstefeld et al.,
2009) or to perform a joint inversion (e.g., Montagner
and Nataf, 1988; Šíleny and Plomerová, 1996; Marone
and Romanowicz, 2007). Sensitivity kernels that account
for finite-frequency wave-propagation effects and the
resulting complex 3D structure of a measurement’s sensi-
tivity to Earth structure (e.g., Chevrot, 2006; Long et al.,
2008; Sieminski et al., 2009) can facilitate the relative
weighting of different observations. Likewise, the incor-
poration of petrological constraints (e.g., Montagner and
Anderson, 1989; Becker et al., 2006) can be used to sim-
plify inversions further (Panning and Nolet, 2008;
Chevrot and Monteiller, 2009).
Origin of anisotropy
The SPO type of anisotropy may be caused by any consis-
tent alignment of entities with different isotropic wave
speeds. Examples include lower crustal lamellae structures,
cracks, or melt inclusions (e.g., Mainprice and Nicholas,
1989; Weiss et al., 1999; Meissner et al., 2006).
Crack alignment will be only important for the shallowest
crust where it may be indicative of crustal stress (e.g.,
Crampin and Chastin, 2003). Alignment of partial melt
pockets may play a role both for shallow, extensional litho-
spheric domains, such as underneathmid-oceanic spreading
centers or intracontinental rifts (e.g., Holtzman et al., 2003),
and at the base of the mantle in the Mantle D00 Layer (e.g.,
Moore et al., 2004).

In between, the LPO type of anisotropy caused by the
alignment of intrinsically anisotropic crystals is the most
likely cause of anisotropy. The fundamental symmetry
classes of material anisotropy of the constituent minerals
(e.g., Nye, 1985; Anderson, 1989) determine the overall
type of anisotropy in the Earth, and wave propagation
depends critically on the type of anisotropy (e.g., Levin
and Park, 1998; Schulte-Pelkum and Blackman, 2003).
Several crustal rocks show LPO anisotropy; of particular
interest are those rich in phyllosilicates (micas) in the
upper-middle crust, and amphibole minerals in lower crust
(e.g., Christensen and Mooney, 1995). In the upper man-
tle, the highly anisotropic olivine makes up �60% of
rocks (e.g., Mainprice, 2007). Laboratory experiments
show that if multi-crystal olivine assemblages are
deformed in the dislocation creep regime, crystals typi-
cally align such that the resulting fast propagation
orientation rotates into the direction of shear, and many
mantle xenoliths show corresponding LPO patterns
(Mainprice, 2007; Karato et al., 2008).

This connection between rock deformation and
seismic anisotropy allows an association of the patterns
of azimuthal mantle anisotropy (e.g., Figure 2a) withman-
tle convection (e.g., McKenzie, 1979; Tanimoto and
Anderson, 1984). A coarse approximation uses tectonic
plate motion to imply deep flow direction, or, more realis-
tically, flow can be calculated from global circulation
models (Hager and O’Connell, 1981). The general associ-
ation between mantle flow and anisotropy in terms of
radial anisotropy is that flow in the upper boundary layer
aligns olivine such that vSH > vSV underneath oceanic
plates due to a simple shear type of deformation
(Figure 1). In regions of dominantly radial mass transport
such as subduction zones and underneath spreading cen-
ters, vSV > vSH (Chastel et al., 1993; Montagner, 2007).
The radial and azimuthal anisotropy patterns shown in
Figure 2a are broadly consistent with this expectation
(Figure 2b), though there are also clear differences which
are easier to constrain in regional studies (e.g., Gaherty
et al., 1996). Complexities include variations azimuthal
anisotropy orientations and amplitudes (e.g., Ekström
and Dziewonski, 1998; Smith et al., 2004), and many of
those patterns are accessible to geodynamic modeling,
discussed below.

Given the importance of the details of the connection
between seismology and geodynamics, several theoretical
descriptions exist that predict microstructural LPO devel-
opment given general deformation histories, as
constrained by laboratory experiments (e.g., Kaminski
and Ribe, 2001; Blackman, 2007). However, further labo-
ratory constraints, for example on the reorientation of
existing LPO fabrics under changing deformation
regimes, are required to decide on the most appropriate
treatment. Complex deformation histories are expected
to lead to complex anisotropy. Yet, under monotonous
deformation (e.g., by simple shear), olivine LPO is
expected to saturate over finite strains of �10. Amplitude
variations compared to a single crystal may therefore be
mainly due to orientation of the symmetry axis of
the effective elastic tensor for an aggregate of crystals
(cf. Karato et al., 2008).

Laboratory work over the last 10 years has further
shown that the role of water content, deviatoric stress
levels, and pressure can lead to significantly different
LPO development from the typical, dry A-type fabrics that
show the “fast axes along flow” alignment discussed
above. For example, the high stress, high water content
B-type fabric aligns the fast axes of olivine orthogonal to
the direction of shear. Variations in water content have
been used to explain some of the variability that is appar-
ent in asthenospheric depth anisotropy, such as the
decrease in azimuthal anisotropy strength across the
Pacific from young to older seafloor, or the variability of
orientations of SKS splitting in subduction zones
(Mainprice, 2007; Karato et al., 2008).
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LPO development under deformation of mantle rocks
not only affects seismic properties, but also leads to ther-
mal and mechanical anisotropy. The feedback of these
effects into mantle convection and lithospheric deforma-
tion are potentially profound (e.g., Christensen, 1987;
Chastel et al., 1993; Lev and Hager, 2008; Tommasi
et al., 2009) and are currently an active area of research.
Observations of anisotropy and dynamic
inferences
Whole earth anisotropy
Seismic anisotropy is found throughout the Earth, with the
exception of the fluid outer core, though it is concentrated
in certain depth regions (Figure 1). In the mantle, the best-
constrained and strongest signal is found in the uppermost
�300 km where SH velocities are faster than SV by up to
�4% on average, as indicated by the Love–Rayleigh dis-
crepancy. The exact shape of the average radial anisotropy
profile is less certain, though most recent models agree
that the largest anomalies are not found at the surface,
but rather at �100 km depth (Figure 2b). This peak may
be associated with asthenospheric shear flow which is
expected to lead to the largest strain-rates underneath the
oceanic lithosphere, which is up to �100 km thick when
defined thermally (see Mantle Convection). Given that
mantle anisotropy is most likely caused by LPO of olivine,
the peak in seismic anisotropy in the uppermost mantle
has been associated with the relatively high stress and
low temperature depth region where dislocation domi-
nates over diffusion creep (Karato, 1992; Gaherty and
Jordan, 1995) (see Mantle Viscosity). Using composite
rheologies, geodynamic models can be used to estimate
the transition depths for the different creep laws, so delin-
eating the region where LPO forms explicitly (e.g.,
McNamara et al., 2002; Podolefsky et al., 2004; Becker
et al., 2008). Once rocks transition into the diffusion-creep
dominated deformation regime, LPO is typically assumed
to be destroyed quickly at high temperatures, or left pre-
served (frozen in) at low temperatures/small velocity gra-
dients. The decrease in radial anisotropy toward the
surface (Figure 2b) may therefore be associated with tec-
tonically older, frozen in structure. On the scales accessi-
ble by surface wave studies, for example, anisotropy in
old lithospheric domains may be less well aligned into
the vertical, or into a coherent horizontal orientation, than
in the asthenosphere, which is shaped by current mantle
convection (e.g., Fouch and Rondenay, 2006).

At larger mantle depths, radial anisotropy becomes less
well constrained (e.g., Visser et al., 2008). There is some
indication that radial anomalies pick up around the transi-
tion zone (Figure 1), and several studies have argued for
the existence of azimuthal anisotropy around 660 km
(e.g., Trampert and van Heijst, 2002; Wookey et al.,
2002). Most of the lower mantle is nearly isotropic until
the D00 region close to the core mantle boundary where
there is good evidence for the existence of anisotropy from
regional studies (e.g., Moore et al., 2004), and indications
for average radial anisotropy from global studies (Boschi
and Dziewoński, 2000; Panning and Romanowicz,
2006). As for the upper mantle, one may invoke an LPO
reactivation of dislocation creep, for example in
cold, highly deformed subduction slabs (see Figure 1;
McNamara et al., 2002). The other, at present perhaps
equally likely, mechanism that has been invoked for D00
anisotropy is the alignment of melt tubules (SPO). Melt
alignment may also play a role in the transition zone if
the latter represents a melt-rich water filter (Bercovici
and Karato, 2003). The D00 region is expected to be at least
as dynamically complex as the upper thermal boundary
layer, and both domains are affected by compositional
anomalies. Those include the continental lithosphere, with
its stiff, compositionally anomalous and presumably neu-
trally buoyant cratonic keels, and likely piles of dense
material at the base of the mantle in regions displaced
along the CMB from recent subduction (e.g., Garnero,
2004; Garnero and McNamara, 2008). We therefore
expect significant lateral variations in the generation of
anisotropy within D00 depending on the vertical flow set-
ting (Figure 1, e.g., Moore et al., 2004). Close to the
CMB, anisotropy may also vary with depth depending
on if lower mantle material has transitioned to the post-
perovskite phase (e.g., Wookey et al., 2005; Merkel
et al., 2007).

There is also robust evidence for anisotropy within the
Earth’s core. Body waves that traverse the inner core and
are aligned with the rotation axis arrive earlier than those
that cross in the equatorial plane (Morelli et al., 1986).
Evidence for anisotropy is also seen in the splitting of nor-
mal modes (Woodhouse et al., 1986), andmore recent data
and models for core anisotropy are discussed in Tromp
(2001) and Souriau (2007). However, there are still
debates on the exact nature of the anisotropy distribution
with depth (cf. Ishii and Dziewoński, 2003). Figure 1
shows radial, shear-wave anisotropy for the inner core
from Beghein and Trampert (2003). This particular model
invoked a hexagonal close-packed phase of iron in the
upper half of the inner core, and perhaps a transition into
a different iron phase at depth, and predicts large ampli-
tudes of radial anisotropy compared to the upper mantle.
The origin of inner core anisotropy is also less clear than
for the upper mantle (Mainprice, 2007). One hypothesis
that has recently been discussed in some detail is freezing
in of convective patterns during the cooling and evolution
of the inner core (Jeanloz and Wenk, 1988; Buffett, 2009;
Deguen and Cardin, 2009).
Structure and dynamics of the upper boundary layer
Seismic anisotropy at every depth range throughout the
Earth holds valuable information on the dynamics of the
planet. The connections can be made quantitative most
easily for the shallower layers where seismological con-
straints abound, rock deformation is accessible via labora-
tory experiments, and geodynamic modeling is fairly well
constrained. In the case of crack anisotropy in the shallow
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crust, observations yield constraints on regional stress
fields. Applications include industry work (vertical seis-
mic profiling in boreholes), earthquake studies around
faults, and volcano monitoring where cracking due to
magma migration can be traced.

Within the upper convective boundary layer, the oce-
anic plate domains (see Lithosphere, Oceanic) should
most closely resemble the simplified view of radial and
azimuthal anisotropy due to LPO anisotropy formation
in mantle flow as shown in Figure 1. Gaboret et al.
(2003), Becker et al. (2003), and Behn et al. (2004)
showed that mantle circulation from geodynamic models
does indeed provide a valid explanation for azimuthal
anisotropy patterns (Figure 2a), and that comparison of
model predictions with anisotropy can yield constraints
on mantle flow, such as the role of buoyant mantle upwell-
ings as opposed to plate-induced shear. Becker et al.
(2008) provided a quantitative model of radial anisotropy,
and Figure 2b shows the fit of their preferred model to
radial anisotropy averages in the upper mantle, as well as
lateral patterns in azimuthal and radial anisotropy. Results
are consistent with the expectation that the geodynamic
models should describe recent (few 10 s of Myr) astheno-
spheric flow best. The correlations between geodynamics
and the seismological models (Figure 2b) are comparable
or better than the match between different seismological
models. Such first-order agreement between global
geodynamics and seismology motivates current modeling
efforts, for example on constraining the amount of net
rotations of the lithosphere or the degree of lateral viscos-
ity variations (e.g., Becker, 2008; Conrad et al., 2007;
Conrad and Behn, 2010; Kreemer, 2009).

Figure 2b shows that geodynamic models typically
underpredict radial anisotropy in the shallower parts of
the lithosphere, which is mainly due to continental
domains. While anisotropy in younger continental litho-
sphere such as in the western USA appears to be well
described by asthenospheric flow, older regions show
more complex behavior such as a consistent orientation
of seismic anisotropy over several hundred kilometers
(e.g., Babuška and Plomerová, 2006). It has been
suggested that anisotropy is concentrated in, and frozen
into, the continental lithosphere, or, alternatively, that
radial anisotropy is largest right underneath the mechani-
cal boundary layer formed by stiff continents (e.g.,
Gaherty and Jordan, 1995; Gung et al., 2003; Fouch and
Rondenay, 2006). Figure 3 shows a profile through North
America; anisotropy, as inferred from these models, only
partially conforms to the simplified expectations (cf.
Panning and Romanowicz, 2006). The cross section of
radial anisotropy shows the expected focusing of SH faster
than SV in the Pacific plate, and some regionally enhanced
vSH > vSV within the eastern USA and the Canadian cra-
ton, but no enhanced anisotropy beneath what would be
inferred to be the base of the continental lithosphere from
the isotropic anomalies. Azimuthal anisotropy is also,
expectedly, strong within the Pacific plate (compare
Figure 2a), but there is an intriguing low-azimuthal
anisotropy channel within the eastern North American
continental lithosphere. If such features are due to
complex tectonic deformation with small lateral shear-
coherence, or due to the averaging properties of surface
waves and incomplete ray illumination, remains to be deter-
mined. The study of continental anisotropy is an active area
of research, and many questions such as to the vertical
coherence of lithospheric deformation and the depth extent
of fault zone localization will benefit from the information
that seismic anisotropy can bring to the table. There are
numerous other, regional tectonic settings where anisotropy
can yield important constraints, and those cannot be com-
prehensively reviewed here. Important examples include
continental transforms and collision zones, spreading
centers, and subduction zones. Reviews of our current
understanding of such settings can be found in Silver
(1996); Savage (1999); Park and Levin (2002) and Long
and Silver (2009).

Powerful dynamic insights notwithstanding, there are
still large uncertainties in every step of the chain of model-
ing that has to be followed. Complexities arise from infer-
ring mantle flow from geodynamics (e.g., role of chemical
vs. thermal buoyancy, uncertainties about rheology), to
predicting LPO textures (e.g., proper microphysical treat-
ment), to inferring elasticity tensors (e.g., homogenization
and temperature/pressure derivatives), to mapping those
tensors in 3D to whatever seismological observable (pre-
ferred) or seismological model (more common) are used
to benchmark the models (e.g., finite frequency wave
propagation, sampling). The finding that overall patterns
appear to be well explained (Figure 2), and that synthetic
LPOs match those of xenolith samples provide some
a posterior justification for the modeling rationale. More-
over, these agreements indicate that the bulk of the
asthenospheric flow is indeed dominated by dry A-type
fabrics. However, future refinements of seismological
imaging, for example through array deployments such as
EarthScope USArray and temporary seafloor studies, the-
oretical developments in seismology, and the improved
geodynamic treatment of anisotropy will undoubtedly
lead to adjustment of our understanding of whole Earth
anisotropic structure.
Summary
Seismic anisotropy is ubiquitous throughout the Earth and
provides constraints on dynamic processes, from the stress
in the crust, the origin and evolution of the continental lith-
osphere, through convective flow in the upper mantle, to
core evolution. The state of upper-mantle geodynamic
modeling is such that important questions, such as about
absolute plate motion reference frames, intraplate defor-
mation, or the hydration state of the mantle can be
addressed. Important issues about the resolution of differ-
ent seismological datasets and degree of robustness of
seismological images remain. Joint with the inherent
uncertainties in geodynamic modeling and how to map
flow into seismic anisotropy, this means that numerous



0.0

171

371

571
0.5 1.0 1.5

|2φ| (%)
Azimuthal anisotropy

z 
(k

m
)

0.90 0.95 1.00 1.05 1.10

x
Radial anisotropy

z 
(k

m
)

−6 −4 −2 0 2 4 6

171

371

571

171

371

571

dvs (%)

Isotropic anomaly

0

A

A

B

B

dt = 2 s

50

60

70

x (km)

10

10
20

220

20 30

−1,000

−2,000
1,000

2,000

z 
(k

m
)

30
0

28
0

26
0

240
a

b

c

d

Seismic Anisotropy, Figure 3 Pacific and North American upper mantle anisotropy. (a) SKS splitting (as in Figure 2, but averaged
by 0.5�) and location of cross-continental profile; (b) isotropic shear wave velocity relative to background (Voigt average, from
Kustowski et al., 2008); (c) radial anisotropy (x = (vSH/vSV)

2, from Kustowski et al., 2008); and (d) strength of azimuthal anisotropy
(|(vSV1 � vSV2)/vSV|, from Lebedev and van der Hilst, 2008). (Modified from Long and Becker, 2010.)

1078 SEISMIC ANISOTROPY
questions for the interpretation of anisotropy observable
are open. This challenge mandates further theoretical and
instrumentational efforts and that the study of anisotropy
proceeds interdisciplinary and in a dynamics context.
Answering those questions holds the promise of arriving
at a new understanding of the workings of the mantle
system.
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Definition
Seismic data acquisition
Generation of (artificial) seismic signals on land (on
surface, or, buried) or in water, reception of the signals
after they travel through the interior of the earth, and their
(digital) recording for later analysis.

Seismic data processing
Analysis of recorded seismic signals to filter (reduce/
eliminate) unwanted components (noise) and create an
image of the subsurface to enable geological interpreta-
tion, and eventually to obtain an estimate of the distribu-
tion of material properties in the subsurface (inversion).

Introduction
Reflection seismics is akin to the “echo-in-the-well”
experiment, it involves calculating the depth of the geo-
logical boundary from the two-way travel-time (TWT)
of the seismic signal and its speed.

Seismic data acquisition and processing aims mainly to
obtain an image of the sedimentary basins in interior of the
earth, using waves generated by “artificial” earthquakes.
These images can then be used to identify locations favor-
able for accumulation of hydrocarbons (oil and gas),
which may then be drilled to determine the ground truth –
and eventually to exploit the resources. Since the first
known reflection seismic experiment in 1921 near
Oklahoma City, USA (Figure 1.3, Sheriff and Geldart
1995), reflection seismics has established itself as the most
accurate technique to image the sedimentary basins for the
exploration of hydrocarbons.

The phrase “seismic” instead of “seismological” in the
following stresses the “man-made” nature of the waves
used. Both seismics and seismology use the basic theory



Seismic Data Acquisition and Processing, Table 1 Imaging
the earth using natural/artificial earthquakes

Keyword Seismics Seismology

Wave source Explosions,
vibrations

Natural earthquakes

Energy penetration Shallow Deep
Max imaging depth Base of crust Whole earth
Location of source Precisely known Estimated post facto
Time of occurrence Precisely known Estimated post facto
Energy involved Small-medium Can be huge
Wave-propagation Mostly vertical Mostly horizontal
Frequencies mostly
excited/used

1–100 Hz 0.01–1 Hz

Receivers Geophones Seismometers
Wave-field sampling Dense Sparse (getting better)
Data volume Terabytes Gigabytes
Accuracy Large Small–medium
Main application Oil and gas Earth-structure
Other applications Civil engg.,

crustal
Civil engg.

Investment $$$$ $$

1082 SEISMIC DATA ACQUISITION AND PROCESSING
of wave-propagation through the earth, for which Aki and
Richards (2002) is a good resource. Table 1 summarizes
the important differences between the two approaches
though; let us briefly look at two.

Frequency vs. period: Due to the spectral range of the
signals involved, seismology traditionally uses period (s)
to describe the waves, whereas in seismics, frequency
(Hz) is used. Waves provide information about the
medium through which they propagate at the scale of their
wavelength, use of higher frequencies in seismics (shorter
wavelengths) leads therefore to a greater resolution (of the
structure) compared to seismology.

Wave-propagation: seismology – again historically –
mostly uses refracted energy, whereas exploration seis-
mics is often synonymous with reflection seismics,
although refraction seismic exploration predates the latter.

This essay will be mainly concerned with acquisition
and processing of reflection seismic data. Note, however,
that seismics is being increasingly applied to both
shallower depths (high-resolution seismics) and crustal-
scale studies down to Moho and beyond (deep seismics),
see Deep Seismic Reflection and Refraction Profiling for
details of the latter. Seismic data acquisition and
processing is a broad subject, the treatment here will have
to make choices based upon space constraints, etc. Some
subtopics, e.g., “Seismic, Migration” are, however, dealt
with in separate essays.

The reader is assumed to be familiar with the basic the-
ory of elasticity and wave-propagation, and the related
concepts of reflection, refraction, and scattering. The
concept of rays will be frequently used – especially in
illustrations – for convenience; real seismic signals are
of course associated with wave-fronts. Similarly, the fig-
ures will depict a 2-D (section) of the 3-D earth.

There are many good resources available even for the
narrower field of Reflection Seismic Data Acquisition
and (Signal) Processing, e.g., Vermeer (2002), Yilmaz
(2001), Menke (1989), Liner (2004), and Sheriff and
Geldart (1995); the last one also contains some
historical background and material over refraction seis-
mics. Recently, some resources have also been made
available for downloading on the internet, e.g., Claerbout
(1985a, b).

In this article, all-capitals will be used to denote acro-
nyms for jargons, of which there are quite a few (e.g.,
TWT above); phrases within double quotes will refer to
an article elsewhere in this volume.
Seismic data acquisition
Before seismic signals could be processed, an artificial
wave-field has to be generated using suitable sources at
appropriate locations, measured by receivers at other loca-
tions after getting reflected back fromwithin the earth, and
stored using recorders. Design of a seismic survey
(geometry) needs inputs from regional geology, explora-
tion objectives, and logistical considerations.

At first confined to land, seismic surveys are now-a-
days carried out mostly in marine environments in
round-the-clock operations using large vessels and a lot
of instrumentation; single-channel seismics has faded
away in favor of multi-channel acquisition, allowing
much more information to be obtained (see Single and
Multichannel Seismics). Table 2 gives an overview of the
equipments used under different field environments.
Seismic sources
One needs a signal that is high in energy (amplitude) to
ensure a good depth penetration, and short in duration to
ensure accurate determination and differentiation of the
travel-times – a Dirac-Delta spike would be ideal, which,
however, is a-causal. In practice, a sharp, compact, and
repeatable signal is preferred. This quasi-idealized
wave-form, possessing finite temporal duration and fre-
quency band-width (both with respect to the ambient
noise), is called a wavelet. The source wavelet changes
form as it travels through the earth due to several physical
processes to be briefly discussed below.

Repeatability of the source wavelet – that is, that of its
amplitude and phase content – is an important prerequisite
for the later processing steps. Explosives were the initial
choice for source on land, providing large energy (good
depth of penetration) but having non-repeatable signal
shape and negative environmental impact. Development
of large, truck-mounted electromechanical vibrators has
led since 1960s to their increasing use in land-seismics,
with both above disadvantages of impulsive sources
reduced significantly.

In marine environment, compressed air is used – with
explosion (air gun) or implosion (water gun) – to create
the acoustic waves. The sources are towed by a ship
together with the receivers (single vessel seismic), or, by
a separate ship (two-ship seismics).



Seismic Data Acquisition and Processing, Table 2 Sources
and receivers used in seismic surveys

Environment Sources Receivers

Land Explosives/
vibrators/impact

Geophones

Marine Air/water -guns Hydrophones
Water bottom Explosives/guns Geo/hydro-phones
Onshore-offshore Explosives/guns Geo/hydro-phones
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There have also been experiments with shear-wave
sources – both impact-type and vibratory. These – either
alone, or together with compressive sources – can provide
extra information about the subsurface medium. For
investigating shallower structures in engineering, environ-
mental and archeological applications, small impact-based
sources, e.g., weight-drops, rifles, etc., and even portable
vibrators are being frequently used, and provide the
required higher resolution.

Seismic receivers
All land-seismic (and seismological) receivers (geophones,
seismometers) are electromechanical devices, that trans-
form the relative motion of the medium in which they are
embedded, into electrical voltages. Fidelity of this transfor-
mation, both in amplitude and phase, is important to ensure
maximum information retention for later retrieval – a flat
amplitude response, with no phase distortion within the
band of frequencies that are of interest, would be ideal.
The output of a geophone can be made to be proportional
to the displacement/velocity/acceleration associated with
the causative motion. Dennison (1953) provides an over-
view of the physico-mathematical underpinnings of
geophone design; see also Seismic Instrumentation.

Originally, geophones were designed to move – and
hence record information – only in the vertical direction.
Later, the importance of recording and analyzing the entire
three-dimensional elastic wave-field came to be realized.
Multi-component receivers, enabling recording/analysis
of both horizontal components, or, all three spatial compo-
nents of the ground movement are being increasingly used
even in large-scale surveys.

For use in water, small piezoelectric elements – hydro-
phones – are employed to record pressure variations –
modern deployments typically consist of thousands of
such elements being towed near the water surface by
streamers, several kilometers long, which are liquid-filled
plastic tubes, fitted with fins (for buoyancy), gps receivers
(for location information) and fiber-optic cables (to trans-
fer the data) to the ship.

Finally, three-component receivers may be deployed
together with hydrophones at the water bottom (4C), to
record the wave-field across it, see Ocean Bottom
Seismics.

Note, that both sources and receivers may be deployed
in groups, using specific patterns, which affect the
generation and sampling of the wave-field due to their
direction-dependent radiation/reception characteristics.
Seismic recorder
The time-varying electrical signals output by the receivers
represent arrivals back-scattered from different depths, all
juxtaposed in time and embedded within the ever present
background noise, and require storage for later processing.
In the beginning, photographic films and later magnetic
tapes were used for this purpose. The digital revolution
starting in the 1960s, itself partly driven by the needs of
seismic data acquisition and processing, caused
a complete shift to in-situ digitization and digital storage.
Similarly, the wires connecting the receivers to the
recorder have been mostly replaced by fiber-optic cables
or wireless. Preserving the frequency, amplitude, and
phase of the signal and the desired dynamic range are
important considerations in designing the digitizing
(sampling) unit. As each receiver (group) corresponds to
a different channel in the recorder, digitization in such sys-
tems (typically consisting of thousands of channels) must
preserve the time-base, to enable comparison of the arrival
times between different traces. Also, the actual time of the
shot, t0, must be transferred from the source to the recorder
and recorded; it is often used to start the recording process
itself, as seismics is only interested in travel-times,
i.e., arrival-times with respect to t0. The digitized data –
uniformly sampled time-series – from each individual
experiment (shot), consisting of multiple traces (output
of receivers), is called a seismic record.
Acquisition geometry
Assuming a layer-cake model (sedimentary beds parallel
to the surface), early surveys deployed a number of
sources and receivers along a straight line on the earth-
surface to obtain a vertical cross-section of the geology
below this line (2-D).

Figure 1 shows schematically the approach in such
a survey, and is – in spite of its simplifications – useful
in understanding several basic ideas. All the five panels
show the earth-surface at the top, and a reflecting bound-
ary (target), parallel to it, at some depth. Numerals on
the surface represent surveyed equi-distant flag-positions
to denote locations. The top panel shows the first measure-
ment, with the source at “0” and eight receivers at loca-
tions “1” through “8”. Assuming a homogeneous and
isotropic medium, the paths predicted by Snell’s law for
a part of the source energy to first travel downward to
the target and then reflect upward from it to reach the
receivers are indicated by the oblique lines.

The signals output from the receivers are digitized in
the recorder to yield a seismic record, i.e., a collection of
seismic traces. Such an ordered collection of seismic
traces is called a gather. Having a common source, the
record resulting from our first measurement is a common
source gather (CSG0), the suffix denoting source position.
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Under the twin-idealizations of no background noise,
and a spike-like source signal, each channel in the recorder
(seismic trace) will consist of one single blip
corresponding to the arrival time of the signal; in reality,
the arrivals will have random background oscillations
due to noise, and one wavelet corresponding to the single
reflection arrival. Assuming constant speed of propaga-
tion v and depth to the target H, it is trivial to show (e.g.,
Sheriff and Geldart, 1995) that the travel-times to the
receivers can be written as
t2x ¼ ðx2 þ 4H2Þ=v2 ¼ t20 þ x2=v2; tx being the arrival
time recorded by a receiver at a source-receiver offset of
x. The travel-time curve for such a situation is thus
a hyperbola – this simple relationship underlies much of
seismic processing. t2 plotted against x2 thus yields
a straight line, the slope being v�2, i.e., square of the
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slowness of the medium. Note that in seismics, the velocity,
which sensu stricto is a vector, is almost always used to
denote the local wave speed (a scalar), which is a property
of the medium (rocks) . . . we shall follow this usage.

Our aim is to find H, the depth to the target (= t0/2v). We
have thus to estimate t0 from the rest of the reflection
hyperbola. Note that the reflection points on the target
for the different receivers are different.

Hence, in what has become almost universal practice,
the measurement is repeated after shifting the whole set-
up laterally along the measurement line, keeping all the
relative distances the same. In panel 2 of Figure 1, the
source and the receivers have been shifted right by one
unit; only a few ray-paths are shown for this gather
(CSG1). Similarly, gathers CSG2 and CSG3 are also mea-
sured and recorded. During these measurements, the same
receiver locations recorded signals from different sources
so that a post-measurement re-arrangement of the traces
could also yield common receiver gathers (CRG); in our
case, we would obtain CRG1 – CRG11. These are useful
for certain processing situations.

The lowest panel of this figure shows a special kind of
re-sorting, collecting the traces from the four shots with
one common reflection point (CRP). Four traces
corresponding to source-receiver combinations of 0/8,
1/7, 2/6 and 3/5 were selected respectively from the four
gathers. For our simple geometry, the four ray-paths
shown share two things – a common mid point (CMP4)
between their respective source and receiver locations
and the common depth point (CDP) at the target depth,
the latter being the same as CRP. Such a gather is called
a CMP-gather, and indexed by the position of the
CMP. The travel-time plot of the reflection arrivals in
a CMP-gather is also a hyperbola.

The four ray-paths shown for the gather CMP4 all have
the same reflection point, and thus contain information
about the same subsurface geology. The arrival times of
the reflection signal in the four traces are of course differ-
ent, as the travel paths are different. If this difference is
corrected for, then adding the four traces should increase
the coherent signal (information regarding the CRP) with
respect to the random noise. The improvement of S/N by
adding N traces is given by

P ðN traces with identical signalÞP ðN traces with random signalÞ � Nffiffiffiffi
N

p ¼
ffiffiffiffi
N

p
:

The improvement of the signal-to-noise (S/N) ratio is thus
roughly proportional to the square-root of the number of
traces added. This number (4 in our case) depends upon
the survey geometry, and is called the fold of the survey.
Starting from fold 1 for CMP0.5 (not shown), it gradually
builds up to its nominal value (4 in this case), and again
drops-off at the other end of the survey.

Acquisition configuration can be specified by expres-
sions describing the position of the source relative to the
receivers, viz., end-on, split-spread, broad side, etc.
Depending upon the geology and the noise regime, these
configurations, as also varying fold, leave subtle but
important footprints on the data.

In reality, the geology is of course not as in Figure 1,
presence of structure (dips, faults, folds, etc.) is what
makes hydrocarbon accumulation possible in the first
place. Processing of 2-D data can remedy this situation –
though only partially. Availability of more equipment
and data processing power led therefore to development
of 3-D acquisition, with receivers laid out on the surface
in a 2-D pattern, and sources also positioned in
a different 2-D pattern, thus causing a better illumination
of the subsurface by the seismic waves. Here too the basic
concept of adding fold number of traces in a CMP-gather
holds sway – point-shaped CMPs and CDPs being
replaced by finite bins, their sizes depending upon the sur-
vey design and objectives (see Vermeer, 2002 for further
insight into acquisition design).

In areas with structural complexity, the simplifying
assumptions of CMP-processing break down, and the
availability of computer power may make it possible –
nay desirable – to process each trace of the recorded
CSG separately, to try to obtain a better image (see also
Seismic Imaging, Overview and Seismic, Migration).

Restricting the deployment to the surface of the earth
implies – as we shall see later – a bias for horizontal struc-
tures; this was eventually removed by carrying out mea-
surements inside bore-holes called VSP; see Vertical
Seismic Profiling for details. Finally, better recording
instrumentation coupled with the need to detect changes
in the hydrocarbon reservoirs resulting from exploitation
has given rise to time lapse seismic (4D), whereby repeat
imaging of the same area, carried out after several years
of production, is used to validate/improve production
models for reservoirs.
Seismic data processing
Introduction
Reflection seismic data, acquired in the field, has to be
taken through several processing steps, before it can be
interpreted in terms of the subsurface structure. The source
signal, on its way down, and back up to the receivers is
modified bymany factors; the aim of processing is to undo
(i.e., correct for) as many/much of these effects as possi-
ble, leaving only the effects due to the causative structure
of interest (geology) to be interpreted.

Seismic data is a spatio-temporal sampling of the back-
scattered seismic wave-field, an ordered collection of
traces, and can be considered to be a 2-D or 3-D data
matrix along with some auxiliary information regarding
location, etc. The traces themselves are an ordered collec-
tion of uniformly sampled amplitude values (time-series),
with relevant information contained in their respective
headers in (internationally) agreed formats. All processing
steps aim to improve the spatio-temporal S/N ratio of the
data by reducing the noise and/or by sharpening the
wave-form (to improve the resolution).
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Signal versus noise
Before proceeding further, it is useful to reflect on the
terms signal and noise. That it is a matter of perspective
is clear from this relative definition: signal is useful noise
and noise is useless signal. In other words, someone’s
noise is someone else’s signal, and vice-versa. For exam-
ple, the ground-roll, hated in reflection seismics, is useful
in surface-wave seismology and shallow-seismics. Amaz-
ingly, using noise for seismic imaging has now become
a field of active research (see the section “Seismic Noise”
for references).

In reflection seismics, signal is synonymous with pri-
mary reflection. Primaries, as these are often referred to,
represent seismic energy reflected only once during its
travel from source to receiver. Everything else, present in
the traces, is taken to be noise. This includes multiply
reflected energy (multiples), diffractions (caused by sharp
structures in the subsurface, e.g., faults, pinch-outs),
refracted arrivals, surface waves (ground-roll). Non-
geological noise sources include nature (wind, waves, ani-
mals) and man (traffic, industry, etc.). From processing
point of view, noise could be coherent (ground-roll,
water-pump, multiples), or, incoherent, each needing
a different strategy. See Seismic Noise for details.

Kinematics of the seismic signal (primaries)
Starting with some simple (but inaccurate) assumptions,
e.g., horizontal layering, constant speed, etc., useful struc-
tural information can be extracted – a large data volume
contributing to the robustness of the processing algorithms
(also see Seismic, Migration). In this section, we focus on
the travel-times of the waves (visualized as rays), see also
additional information in “Seismic, Ray Theory.”

NMO
The travel-time for a primary reflection from
a horizontal reflector, shown earlier to be hyperbolic, can
be rewritten as:

tx � t0 ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
x2 þ 4H2

p � 2H
v

: (1)

The quantity on the left is the difference (see Figure 2)

between the oblique reflection-time at source-receiver off-
set (distance) x and the vertical TWT, and leads to the
relation:

Dtx ¼ 2H
v

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1þ x2

4H2

r
� 1

 !
¼ t0

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1þ x2

4H2

r
� 1

 !
: (2)

Expanding the expression under square-root, and recog-

nizing that in most seismic measurements offset � target
depth, we obtain the approximate relation (Equation 3),
which could be improved by retaining additional higher
order terms.

Dtx � x2

4vH
¼ x2

2v2t0
(3)
(= t � t ) is called the normal move-out (NMO) asso-
Dtx x 0
ciated with the reflection travel-time. NMO can be used to
align the primary reflection in all traces at t0 (TWT) by
removing the effect of source-receiver distance (offset),
i.e., by flattening the reflector. NMO, an important con-
cept in seismics, is used both to first identify primaries,
and later to align them for imaging the reflector. Note that
to use 3, we need to know x (source-receiver offset), v
(speed), and H (target depth); in practice, x is known and
iteration is used to obtain optimal values for v and H.
Dipping bed
For a dipping reflector (Figure 2), travel-time for the
primary reflection is still hyperbolic, given by

v2t2y ¼ x2 þ 4H2 þ 4Hx sin y: (4)

The minimum of the hyperbola is now shifted updip; the

quantity t+x � t�x is a measure of the asymmetry, and
can be used to estimate the dip.
Many reflectors: layer-cake
Dix (1955) considered the case of many reflectors parallel
to the surface – a good starting model for sedimentary
sequences – and showed, that here too, the travel-time
curve can be approximated at short offsets by a hyperbola:
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associated with the term velocity in seismics

Jargon Brief description

vint Speed in a geological interval (assumed constant)
vav Average speed between two points along a ray path
vapp Apparent speed measured by receivers in field (= dx/dt)
vnmo Speed used for NMO correction (strictly, only for one layer)
vrms Dix’ root-mean-square NMO velocity for layer-cake

situation
vstk Best velocity to stack CMP-gathers
vmig Best velocity to migrate the seismic data

Tgate

Vtrial

x0

t

C M P  gather

Seismic Data Acquisition and Processing, Figure 3 Schematical
drawing showing calculation of multi-channel semblance.
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t2x � t20 þ
x2

v2rms

; with vrms ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiP

v2i DtiP
Dti

s
: (5)

e homogeneous velocity v (= v ) is now replaced by

Curved bold line represents the move-out curve for a trial
velocity, the two surrounding lines represent the boundaries of
Th nmo
vrms (root-mean-square velocity), which depends upon
the velocities of the layers vi and the vertical transit times
ti through them. vrms plays a role similar to vnmo in flatten-
ing the primaries in the multi-layer case. Individual layer-
velocities may then be computed from the Dix’ equation:

vn ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
v2rms;ntn � v2rms;n�1tn�1

tn � tn�1

s
: (6)
Velocities in seismics
In seismics, different terms are used to denote “velocity”
depending upon the context. Table 3 lists a few, along with
brief explanations, some of these will be elaborated later.

NMO stretch
After NMO correction, a time-interval Dtx, say
corresponding to a period of the wavelet recorded on
a trace at an offset x, becomes Dt0; the wavelet is thus
distorted (stretched ). The expression 100 (Dt0 � Dtx)/Dtx
is a percentage measure of this stretch � 0% implying
no distortion. In practice, a threshold percentage is speci-
fied to exclude parts of data – relatively largeoffsets and
small arrival times – from being NMO corrected (and tak-
ing part in further processing).

Semblance: a measure of signal alignment
To apply optimal NMO correction, a quantitative measure
of alignment of amplitudes, across several traces, is useful.
Such a measure of similarity between n (amplitude)
values, called semblance, is defined by

S ¼
P

n val
� �2
n
P

n val
2 ; and

Sgate ¼
P

gate

P
n val

� �2
P

gate

P
n val

2
� � :

(7)
te that semblance is a dimensionless number between 1
No
(perfect match), and is 0 (perfect mismatch). The second
form uses a time-gate along the traces, generally having
the width of the dominant period of the signal, for
increased robustness. Semblance is used extensively in
modern reflection velocity analysis, to evaluate the
goodness of alignments of primary reflections along
move-out curves computed for a range of trial velocities
(Figure 3).

the time-gate; see text for details.
Velocity: processing point of view
Wave-speed (called velocity in seismics) in the medium is
the missing link needed to convert the travel-time infor-
mation to depths required for structural interpretation –
and eventual drilling. Note that velocity is needed to
find the structure (geology), but structure is needed to find
the velocity. This catch-22 situation is solved iteratively –
shown schematically in Figure 4.

Velocity is a macroscopic (wavelength-scale average)
property of the rock depending upon the density and elas-
tic properties of the minerals making up the lithology (see
Seismic Properties of Rocks). In rocks of interest in seis-
mics (sandstone, shale, limestone), velocity is not a good
indicator of lithology, with considerable overlap in values,
with some exceptions, e.g., salt, anhydrite (relatively
higher velocity). Presence of porosity and pore-fluids
(water, oil, gas) is the most important factor for this over-
lap, and is in turn caused by the burial history of the rocks.
Wave-propagation in fluid-filled porous media is
described by Biot-Gassman theory, see Lee (2008) for ref-
erences and recent developments.

Propagation velocity (the missing link) can be esti-
mated by direct measurements (see, e.g., Sheriff and
Geldart, 1995 for details), which have shortcomings
though (see Table 4). The velocity used for processing
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Seismic Data Acquisition and Processing, Figure 4 Iteratively solving for both structure and velocity in seismics.

Seismic Data Acquisition and Processing, Table 4 Direct
determination of seismic velocities and their shortcomings

Method Shortcoming

Uphole-time Useful only for the weathering layer
Check-shots, well-shoot Limited depth-range, destructive
VSP Available late in exploration, expensive
Sonic log Available late, noisy (high-frequency)
Lab measurements Limited availability
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seismic reflection data is usually determined iteratively
from the data itself, and will be described later.

Amplitude changes along the propagation path
Several factors cause the amplitude of the seismic waves
to change as they travel from source to receiver. These
can be corrected for, so as not to mask the weaker changes
(signals) of interest.

Geometrical spreading
Conservation of energy requires a continuous reduction of
amplitude, as a seismic wave-front spreads through
a medium – hence the term geometrical spreading. The
loss depends upon the mode of spreading and the distance
traveled (r). For primaries (body-waves), amplitude
ða ffiffiffiffiffiffiffiffiffiffiffiffiffi

energy
p Þ decreases a r�1, whereas for ground-roll

(surface-wave), the decrease is a r�1/2, the latter shows
why ground-rolls, with their (relatively) large amplitudes,
are a big problem in seismics.

Absorption
The propagating wave continuously loses energy due to
absorption too, which is a physical property of the
medium, and can be described by several equivalent
parameters, e.g., absorption coefficient, damping factor,
etc., the most common being the quality factor of the
material Q = 2p/[fractional energy lost per cycle]. It is
a dimensionless quantity, with a value 0 implying perfect
absorption and? implying perfect elasticity. Absorption,
withQ considered to be frequency-independent within the
band-width of interest in seismics, causes relatively
greater attenuation of higher frequencies – leading to
a change in the wave-form during propagation. See Seis-
mic, Viscoelastic Attenuation for more details.

Energy partitioning at interfaces
Boundaries of geological heterogeneities (layering, faults,
etc.) also cause changes in the amplitude of the wavelet;
such changes are, indeed, of prime interest in seismics.
As in optics, the interaction between the wave-fronts and
the geological structure depends upon their relative
dimensions, i.e., their radii of curvature-with specular
reflections and point-scattering building the two end-
members, both of which are encountered in seismics.
Another concept from optics, diffraction, is useful to
understand the complexity of the interaction between the
wave-front and themedium. See Seismic Diffraction; Seis-
mic Waves, Scattering, and Energy Partitioning of Seismic
Waves for additional details.
Waveforms: convolution, deconvolution
Factors modifying the source signal along the path of
the seismic wave may be divided as: near-source (ns),
i.e., weathering layer, earth (e), i.e., the target geology,
near-receiver (nr), receiver (r), and recorder (rec), with
the output trace (o) as the final result. Each of these,
denoted in Equation 8 below by the expression in paren-
theses, affects (filters) the source wavelet (s). In a series
of papers/reports (Robinson, 2005; Treitel, 2005), the
MIT geophysical analysis group (GAG) laid the founda-
tion of the digital revolution in seismic data processing,
by examining the nature of these filters and developing
methods to undo their effects. These resulted in major
advances in time-series analysis and digital filtering
(Robinson and Treitel, 1964), and a critical evaluation of
the (statistical) nature of earth’s reflectivity (target
geology).
Convolutional model of the seismic trace
As the source- and recorded-signals are both time-series
(uniformly sampled, ordered collection of amplitudes), it
is useful to represent all the other elements mentioned in
the above-paragraph also as such. For a column of verti-
cally layered reflectivity, such a time-series would corre-
spond to values equal to RCs placed at times converted
from depths using velocities. Now, making the crucial
assumption that all these filter elements are linear systems,
the recorded trace can be expressed as:

oðtÞ ¼ sðtÞ � nsðtÞ � eðtÞ � nrðtÞ � rðtÞ � recðtÞ þ nðtÞ:
(8)

In Equation 8, ∗ (star) is the convolution operator, well-

known in the theory of linear systems; n(t) represents
some additive noise which does not follow this model,
hopefully, it is mostly removed early in the processing.
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The time-series that transform s(t) into o(t) can also be
interpreted as the impulse response of the corresponding
elements, e.g., r(t) is the response of the receiver to
a sudden spike signal. Using Fourier Transforms to
change the time-series into their spectra, and remember-
ing that convolution in time-domain corresponds to multi-
plication in frequency domain, one obtains:

OðoÞ ¼ SðoÞ 	 NSðoÞ 	 EðoÞ 	 NRðoÞ 	 RðoÞ
	 RECðoÞ; (9)

where the noise term has been neglected (see Sheriff and
Geldart, 1995 for introduction to linear operators and
Fourier theory). Equation 9 clearly shows the filtering
effect of the different elements, each one modifying the
spectrum of the incoming signal by modifying/removing
a part of its frequencies. Our aim, in seismic data
processing, is to extract e(t), the geological structure, from
the recorded signal o(t).
Deconvolution as inverse filtering
Undoing the act of the filterings implied in Equations 8
and 9 is called deconvolution (decon), or, inverse filtering.
Equation 9 can be rewritten as O(o) = E(o). REST(o),
where REST(o) groups together all the elements on the
right besides the geology. Then, E(o), or e(t), can be esti-
mated from

EðoÞ ≊ OðoÞ=RESTðoÞ; or;

eðtÞ ≊ oðtÞ � restðtÞ�1:
(10)

The approximation sign, for both forms of Equation 10 –

in frequency domain (first), or, in time-domain (second) –
is necessary, even in the noise-free case. Spectral division
needs precautions to avoid zero-division in parts of the
spectrum, where frequencies have been weakened/
removed. Fortunately, addition of noise helps, since sig-
nals of interest in seismics exist – by definition – only
above the ambient noise level. See Liner (2004), Sheriff
and Geldart (1995) and Yilmaz (2001) for the stabilizing
role of spectral whitening in decon.
Wavelet processing
Wavelets: Let’s take a closer look at seismic wavelet,
introduced in the section about seismic sources, as
a signal of finite frequency band-width and temporal dura-
tion. Using standard concepts from time-series analysis
(Sheriff and Geldart, 1995; Yilmaz, 2001), simple exam-
ples of wavelets are:

a : ð3;�2; 1Þ; b : ð2; 3;�1Þ and c : ð�1; 2; 3Þ;
the numbers representing uniformly sampled amplitudes
starting from t = 0. Remembering that squares of the
amplitudes in a wave(let) are measures of energy, we see
that these three wavelets, while looking very different,
have the same total energy. Depending upon the energy
build-up, wavelet a is called minimum delay (energy is
front loaded), b is mixed delay, and c is maximum delay;
physical (causal) wavelets are minimum delay, although
in the example, a is not strictly causal, due to the instanta-
neous build-up of energy at t = 0. In frequency domain, the
expressions minimum/mixed/maximum-phase are used
instead.

Wavelet estimation: Auto-correlation of the wavelets
a-c are all symmetrical about t = 0, i.e., have no phase
information, e.g., fbb ¼ ð�2; 3; 14; 3;�2Þ; these are
Fourier Transforms of the respective power-spectra. In
seismics, an estimate of the power spectrum is often avail-
able from the data. The question then arises whether
an estimate of the wavelet may be obtained from it – an
outline follows. Using Z-transform notation, one can
write the wavelet, say c, and its auto-correlation as
polynomials:

CðZÞ ¼ �1þ 2Z þ 3Z2; and;

FccðZÞ ¼ �3Z�2 þ 4Z�1 þ 14þ 4Z � 3Z2;

Z being the unit-delay operator, its powers denoting time-

shifts with respect to t = 0. According to the fundamental
theorem of algebra, a polynomial of degree n in Z must
have n roots, i.e., it can be expressed as a product of n fac-
tors of the form: (Z� Z1) (Z� Z2) . . . (Z� Zn), each factor
representing a basic wavelet (doublet). Half the doublets
of an auto-correlation polynomial are minimum delay,
their product represents the Z-transform of the unique
minimum delay causative wavelet. See Yilmaz (2001)
and Sheriff and Geldart (1995) for details, assumptions,
critical remarks, and alternate approaches (e.g., homomor-
phic deconvolution) to deconvolution of time-series.

Wavelet manipulation: Much of seismic processing is
involved with manipulating the wavelet (deconvolution
in a general sense). While very powerful, it contains
potential for pitfalls, if applied without a proper under-
standing of the suitability of the particular technique, as
each decon step also causes artifacts.

Spiking decon aims to sharpen the shape of the signal,
to improve temporal resolution – and interpretation. Ide-
ally, it involves convolving the wavelet with its inverse
operator, to yield a spike, i.e., perfect resolution.

Zero-phasing converts the signal to one with zero-
phase; the result is a symmetrical signal (a-causal), and
is primarily useful for interpretation if the peak can be
made to coincide with the reflecting boundary.

Any-phasing is used in merging seismic datasets of dif-
ferent vintages and with differing source wavelets.

General shaping groups methods to convert the signal
to any desired shape optimally – using some statistical
criteria.

Depending upon whether a model is available for
decon, the methods could also be divided in deterministic,
i.e., model-based and statistical.
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Deterministic deconvolution
Vibroseis processing. Vibrators (see the section on
sources) use a repeatable source signal, called sweep. It
is a time-limited (typically, 10–20 s long) signal with the
frequency continuously varying between given start- and
end-values, and comes in many flavors, e.g., up-, down-,
linear-, non-linear-sweeps. Neglecting other terms, one
could write from Equations 8 and 9: o(t) = s(t)*e(t). The
recorded signal is thus the convolution of earth reflectivity
with the sweep signal. We could remove its effect
(deconvolve) by cross-correlating the observed signal
with the sweep (which we know precisely), a process,
which is equivalent to convolving with its time-reversed
version, and get

sð�tÞ � oðtÞ ¼ sð�tÞ � sðtÞ � eðtÞ � dðtÞ � eðtÞ (11)

Due to the sweep signal being time-limited, its auto-
Reverberation

Target

Hard bottom (R)

Single multiple

Double multiple

Primary

Seismic Data Acquisition and Processing,
Figure 5 Deterministic deconvolution applied to ghost (above)
and reverberation (below). The near vertical ray-paths are shown
obliquely for better visualization, see text for details.
correlation is not a Delta-spike (ideal), but is
a symmetrical (zero-phase) signal called Klauder wavelet.
The result is thus not quite the desired earth reflectivity
(although it has the correct phase) and needs further
processing for improvement (see Yilmaz, 2001; Liner,
2004; Sheriff and Geldart, 1995).

De-ghosting. The effect of large RCs in the shallow sub-
surface has been mentioned earlier. Figure 5 shows one
such situation; here the source is placed below the
weathering layer, for better energy transmission toward
the deeper target (ray going directly downward). A part
of the wave-energy, also travels upward, and gets reflected
down from the base of the weathering layer (ray going first
up, and then down). In certain cases, the RCweathering could
be quite large and negative. The energy reflected down-
ward follows with a short delay behind the direct wave,
and is called a ghost; the observed record is thus corrupted
by that caused by a delayed ghost. Removing the latter
from the recorded trace is called deghosting, and is an
example of model-based decon. Assuming the TWT
between the source and the base of the weathering to be
n samples (= nDt), one can write:

oðtÞ ¼ sðtÞ � Rs t � nDtð Þ; or; using Z� transforms;

OðZÞ ¼ SðZÞ � RSðZÞZn ¼ SðZÞ 1� RZnð Þ:
(1 � RZn) is, clearly, the Z-transform of the ghost-

operator. Hence, S(Z ) = R(Z ) (1 � RZn)�1, or, s(t) =
o(t) + s(t� n). The last form above implies recursive filter-
ing in the time-domain to achieve deghosting. Alternately,
expanding (1� RZn)�1, the inverse-filter operator in time-
domain can be written as

gðtÞ�1 ¼ ð1; 0; 0; . . .þ R; 0; 0; . . .þ R2; 0; 0; . . .Þ
De-reverberation. The lower part of Figure 5 shows
another situation, where strong reflectivity associated with
the water bottom causes long trains of high-amplitude
reverberation of signals in the water layer. The ray-paths
shown schematically are: one primary reflection from the
target, two multiples reflected once in the water layer,
and three multiples reflected twice; there could be many
more, posing a serious problem in marine seismics.
Depending upon the depth of water, certain frequencies
will, as a result, experience severe distortion (enhance-
ment or suppression). In the simplified case of a water-
column with a TWT equal to the sampling interval, and
remembering that the negative reflectivity causes phase-
change, the total operator (signal + reverberation) can be
written as:

wðtÞ ¼ ð1;�2R;þ3R . . .Þ ! W ðZÞ
¼ 1� 2RZ þ 3R2Z2 � . . . ¼ ð1þ RZÞ�2:

It follows that the deconvolution in this case can be

achieved by the operator

W ðZÞ�1 ¼ ð1þ RZÞ2; or; wðtÞ�1 ¼ ð1; 2R;R2Þ:
This elegant operator is called the Backus filter (see

Backus, 1959).
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Statistical deconvolution
In the absence of a deterministic model, one could attempt
to change the signal wavelet to any desired shape, by
designing filters that are optimal in a statistical sense.
Based upon work in information theory by Norbert
Wiener and others, the applications in seismics were
pioneered by the MIT-GAG group, e.g., Robinson
(1967). Schematically, the basic approach is:

→ compute output → compute error →

minimize to get normal equations → solve for filter coefficients
assume filter

If errors are assumed to be Gaussian, and l2 norms
are used, the operators obtained are called Wiener filters.
Such optimum filters are used widely, e.g., in:


 Zero-lag spiking – to increase resolution

 Zero-phasing – to ease interpretation

 Prediction filtering – to remove multiples which are

predictable, the remnant being the prediction error,
corresponding to the deeper signal
Wiener optimum filter. The normal equations for the fil-
ter coefficients f are given by the matrix equation shown in
Equation 12 in its compact form

finput;input � f ¼ finput;output; (12)

which relates the auto-correlation of the recorded (input)
wavelet to its cross-correlation with the desired (output)
wavelet. For the derivation of Equation 12, and a detailed
treatment of statistical deconvolution, see, e.g., Yilmaz
(2001) or Sheriff and Geldart (1995) – an example is
shown below to illustrate the approach.

Spiking filter. If the wavelets are all n-sample long, the
Matrix Equation 12 can be expanded as

fi;ið0Þ fi;ið1Þ . . . fi;iðn� 1Þ
fi;ið1Þ fi;ið0Þ . . . fi;iðn� 2Þ

fi;iðn� 1Þ fi;iðn� 2Þ . . . fi;ið0Þ

0
B@

1
CA

f0
f1
fn�1

0
B@

1
CA

¼
fi;dð0Þ
fi;dð1Þ

fi;dðn� 1Þ

0
B@

1
CA

(13)

The auto-correlation matrix f in Equation 12, with the
 Seismic Data Acquisition and Processing, Table 5 Perfor-
mance of Wiener and inverse filters

Input
wavelet

Desired
wavelet

Two-point Wiener
Two-point
inverse

Filter Error Filter Error

(1, �0.5) (1, 0) (20/21, 8/21) 1/21 (1, 0.5) 1/16
(�1/2, 1) (1, 0) (�10/21, �4/21) 6/21 (�2, �4) 16
(�1/2, 1) (0, 1) (16/21, �2/21) 4/21
i; i
same element in each diagonal descending from left to
right, is a Toeplitz matrix; f is a column vector with the fil-
ter coefficients to be determined and fi; o is a column vec-
tor with elements from the cross-correlation matrix.
Equations with Toeplitz matrices can be efficiently solved
by a procedure called Levinson recursion.

Wiener filter: a simple example. Given the input wave-
let it = (1, �1/2), let us find the optimum two-element
Wiener-operator to transform it to the desired wavelet
dt = (1, 0), i.e., a zero-delay unit-spike. We get
fi; i ¼ ð5=4;�1=2Þ, and, fi; d ¼ ð1; 0Þ. Equation 13 then
becomes

5=4 �1=2

�1=2 5=4

� �
f0
f1

� �
¼ 0

1

� �
; yielding

fWiener ¼ 20
21

;
20
21

� �
:

(14)

Applying this filter to the input, we obtain the output

(20/21, �2/21, �4/21), which compared to the desired
output, gives a squared error of 1/21. The ideal filter
for this decon is the inverse filter for the input wavelet.
Writing I(Z) = 1 � Z/2 for the Z-transform of the
input, the Z-transform of the inverse filter (which will
convert the input to an ideal unit-spike) is = (1 � Z/2)�1

= 1 + Z/2 + Z2/4 + . . ., which is an infinitely long operator!
For an honest comparison of its performance with that of
the Wiener filter, we apply its first two terms to the input,
getting the filtered version as (1, 0, �1/4); although
looking better at the first glance, its squared error is
1/16, i.e., larger than that of the Wiener filter! It can be
shown that the Wiener filter is the best two-element filter
for this problem.

Suppose the input wavelet is (�1/2, 1), i.e., not mini-
mum delay, which we want to transform to a zero-delay
spike. Normal equations now give the Wiener filter as
(�10/21, �4/21), with the output (5/21, �8/21, �4/21)
and the squared error as 6/21. Inverse filter is now
(�2, �4, �8, . . .), which is extremely unstable! Its first
two filter elements give the output (1, 0, �4) with 16 as
error! Wiener filter performs here worse than in the first
case, because, it was trying to convert a maximum delay
wavelet to a minimum-delay spike, but it still does better
than the (finite) inverse filter. In this case, if a maximum
delay spike (0, 1) was desired, Wiener filter coefficients
would be (16/21, �2/21), giving a filtered output of (�8/
21, 17/21, �2/21) with a squared error 4/21, which is bet-
ter than that for a zero-lag spike output. Table 5 summa-
rizes the results.

The processing flow: putting it all together
Most of the processing modules ( filters) operate on the
data (time-series) sequentially, the entire process resem-
bling a flow, though there are a few stand-alone modules
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too. The operations could be on individual traces (single-
channel ), or on a gather of traces (multi-channel ). Sche-
matically, a seismic processing flow looks like:

Input module → a series of processing-modules → Output module

Modules have been developed for carrying out specific
tasks within the flow, e.g., static correction, band-pass fil-
tering, stacking, migration, etc. Usually, there is a choice
of modules (algorithms) available for a specific step –
each with slightly different characteristics (and artifacts),
and the proper selection of the modules for a flow needs
both expertise and experience. This point is illustrated in
the Figure 6, which shows six different results of
processing the same data.

An overview of commonly applied corrections
(processing modules) is shown in Figure 7. Space
Seismic Data Acquisition and Processing, Figure 6 Seismic Data
produced from the same data processed by six different contracto
constraints will permit us to briefly describe only selected
items from this list, which itself is not exhaustive; see
Yilmaz (2001) for a more detailed treatment, and “Seismic
Imaging, Overview” for additional information. Note that
some modules may be applied more than once in the flow,
and also, that parts of the flow may be iteratively repeated,
till a reasonable result is obtained. The latter shows the
importance of quality control (Q/C), by means of visual-
display and other (quantitative) tools. The decision as to
whether the processing of a dataset is finished depends
often on the geological objectives, technical possibilities,
and managerial constraints of time and money.

Pre-processing
Editing of seismic traces is an important first step, in view
of the largely automated processing sequences later.
Geometry assignment is also an essential step at this stage,
and attaches acquisition information to the traces, e.g.,
Processing has no perfect answer. Seismic cross-sections
rs. (Figure from Yilmaz, 2001 courtesy SEG and the author).



Pre-processing

QC: edit bad traces – Assign field-geometry – Resample – Notch-filter

Pre-stack processing

Statics: Elevation – Datum – Residual

Amplitude: Spreading – Q-compensation – Mute – Balance

Filtering: band-pass – f-k – f-x – τ-p – Median – Notch

Deconvolution: Deterministic – Predictive – Statistical

Velocity analysis: CMP sort – Const. velocity stack – Semblance analysis

Stack: NMO correction – DMO correction – CMP stack – AGC – Display

Post-stack processing

Migration velocity analysis – Migration – Time-to-depth – Display

No-stack processing

Migration velocity analysis – Prestack depth migration – Display

Special processing

True Amplitude (AVO, DHI) – VSP – Anisotropy – Image rays

Seismic Data Acquisition and Processing, Figure 7 Components of seismic processing flow.
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source- and receiver- coordinates. Each seismic trace is
assigned a header, to store such and other information to
enable efficient inter-process communication.

Pre-stack processing
Static corrections. These are time-invariant corrections
applied to the traces, due to, e.g., elevation differences,
and involve up-, or, down-shifting the entire trace in time;
an example of their dramatic effect can be seen in Figure 8.
The static effects due to slow lateral changes (long wave-
length statics) are particularly difficult to model and can
cause imaging problems. Residual statics involves small
time-shifts applied late in the flow to improve the result;
it uses the powerful concept of surface-consistency to try
to correct for near-surface errors that were not modeled
properly in the earlier stages. Its implementation by
Rothman (1985) heralded the use of non-linear optimiza-
tion (simulated annealing, genetic algorithm) in seismics.

Amplitude corrections. Loss of amplitude due to geo-
metrical spreading and absorption can be corrected for
using the theory described earlier; the latter needs
a Q-model, in the absence of which empirical relationships
based on the total travel path/time are used. A part of the
record may be removed from processing due to the
presence of noise, or, suspected non-primaries; depending
upon the part of the data volume removed, one then talks
about top-mute, bottom-mute, or a generalized mute. Sim-
ilarly, a balancing (amplitude equalization) may be
applied to several adjacent traces to compensate, in an ad
hoc manner, for local variations, e.g., bad receiver
coupling.
Filtering, sharpness, taper. Any process that removes/
reduces a part of the suspected noise from the data is
a filter. Frequency-filters (high-cut, low-cut, band-pass)
are the simplest examples. Data f (t) is transformed using
Fourier theory to its spectrum F(o) = A(o) exp�iot in
the frequency domain, the amplitudes mainly
corresponding to noise are zeroed-out, and the data is
transformed back to the time-domain. Development of
algorithms for fast and efficient Fourier transform of
time-series (FFT) has caused large-scale application
of digital filters.

Multi-channel data enables double-transformation of
f(x, t) to F(o, k), making filtering possible based upon
slopes (apparent velocities) in the o� k plane; this is par-
ticularly effective in eliminating, e.g., slow traveling
ground-roll (large amplitude surface waves), which often
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Seismic Data Acquisition and Processing, Figure 8 Stacking velocity analysis using semblance (color contours). Semblance values
are shown for a dataset for a range of trial velocities (horizontal axis), and enable interactive velocity picking as a function of TWT
(vertical axis). The right panel shows a dramatic improvement in resolution as a result of proper static correction. (Figure from Yilmaz,
2001 courtesy SEG and the author).
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Seismic Data Acquisition and Processing, Figure 9 Use of two-dimensional Fourier Transform as an apparent-velocity filter for four
marine-seismic records brings out (weaker) reflections. (Figure from Yilmaz, 2001 courtesy SEG and the author).
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mask the primaries. An example of such filtering is shown
in Figure 9.Notch filters are used to remove a narrow band
of frequencies, e.g., a 50-Hz noise from overhead trans-
mission line. t-p transforms are useful in filtering
multiples, and in un-tangling far-offset data for velocity
analysis, these use the Radon domain for the decomposi-
tion (Phinney et al., 1981). A few general comments apply
to all filters:
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– Filtering is effective only to the extent of signal-noise
separation in the transformed domain.

– For any filtering, there is a trade-off between sharp
cut-offs in the transform-domain and oscillatory arti-
facts in time-domain – and vice-versa. A compromise
solution to this unavoidable problem is to apply tapers
to smoothen the cut-off and thus minimize edge-
effects.
N
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Seismic Data Acquisition and Processing, Figure 10 Effect of
dip in positioning the reflector.
Deconvolution. This important aspect has been dealt
with in some detail in an earlier section.

Stacking velocity analysis. This is almost always carried
out in the CMP-domain, after re-sorting the data. The aim
is to determine the velocity model, i.e., vrms (TWT), to be
used for computing the best move-out correction for the
CMP-gathers. For a suite of velocity models, hyperbolic
move-out curves are computed for the range of TWTs of
interest; semblances are then computed to determine
how well the arrivals in the gather line-up along these
curves, and displayed in a contour plot in the vtrial -TWT
domain, allowing interactive picking of an improved
velocity model (Figure 8). The process is repeated at as
many CMPs as possible – sometimes grouping neighbor-
ing CMPs together for averaging, velocity being
a macroscopic property. The result is a laterally varying
model of vrms. Equation 6 can now be used to infer interval
velocities.

CMP-stack. Once a reasonable velocity function has
been determined, each trace in the CMP-gather (say,
CMP4 in Figure 1) is shifted in time by subtracting the
corresponding move-out corrections. The move-out
corrected traces in the CMP-gather are then added
(stacked) together to produce one trace. This process,
CMP-stack, reduces random noise – which does not line-
up, while strengthening the reflection signal –which does,
and thus improves S/N ratio of the data. Note that stacking
reduces the data volume too – by a factor of fold! Much of
the power of the seismic imaging derives from this simple
step, which enhances the primary reflections (those only
once reflected) at the expense of everything else.

Zero-offset traces/sections. The stack traces are also
called zero-offset traces, the move-out correction having
made the source and receiver coincident. A collection of
stack traces is a stack- or zero-offset section, and repre-
sents the first (albeit approximate) 2-D cross-section of
the subsurface. For display purposes, CMP-stack sections
may be subjected to automatic gain control (AGC), an
extremely non-linear time-variant amplitude scaling, to bal-
ance weaker/deeper signals and stronger/shallower ones.

Post-stack processing: positioning properly
The CMP-stack has one big drawback: dips were
neglected throughout, which is what we are really after.
This results in many artifacts in the section, e.g., crossing
layering, diffraction tails, etc. Anticlinal structures are
somewhat flattened, and synclinal structures could give
rise to bow-ties.

Migration. Figure 10 shows the problem schematically
in the CMP-domain, for the case of a trace recorded from
source S at receiver R from a reflector with a dip y. After
conventional pre-stack processing, the zero-offset trace
would be plotted on the t axis below the mid-pointM. This
is clearly an error as the zero-offset ray for M should be
incident normally on the reflector – at N; this correction is
calledmigration (Yilmaz, 2001; Sheriff and Geldart, 1995).

Migration steepens and shortens energy alignments and
moves these updip, clarifying the tangled image. Figure 11
shows an example of a successful migration. For further
details, please see Seismic, Migration.

DMO. Figure 10 shows yet another error to be consid-
ered – the actual reflection point for the source-receiver
combination S – R is P, and not N. Even worse, for the dif-
ferent S – R pairs making up the CMP-gather with mid-
point M, the reflection points are all different, i.e., are
smeared along the reflector, the amount of smear being
dip-dependent. The process used to correct for this dip-
dependent part of the move-out correction is called
DMO. In practice, this step is applied before migration
as indicated in Figure 7; Figure 10 shows the sequence:

– Reflection time is NMO corrected and plotted belowM
– NMO corrected time is DMO corrected and plotted

below M0, the true zero-offset point
– NMO+DMO corrected time is MIGRATED and plot-

ted at P, the reflection point
Time-to-depth conversion. For final structural interpre-
tation, the TWTs in the seismic section (stacked, or,
migrated) need to be converted to depths, with velocity
again playing the key role. For a homogeneous medium,
this is just a rescaling of the vertical axis; with the velocity
varying smoothly only in vertical direction (e.g., for flat
sedimentary sequences), a nonuniform stretch of the
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Seismic Data Acquisition and Processing, Figure 11 Migration positions energy from dipping structures properly. Here bow-tie
like artifacts in the top part of panel (a) are imaged back into causative synclinal structures in panel (b). The artifacts persisting in
the bottom of panel (b) probably point to lack of interest in imaging deeper structures in this case. (Figure from Yilmaz, 2001 courtesy
SEG and the author).
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vertical axis may suffice. Laterally varying velocities pre-
sent depth-conversion problems though, increasing with
the strength of the heterogeneity; ray-bending now needs
to be taken into consideration.

No-stack processing: imaging complex structures
In the presence of strong lateral velocity variations (e.g.,
below salt structures), the conceptual model used to pro-
cess CMP-gathers breaks down. Removing the simplify-
ing assumptions makes the imaging physically more
reasonable, albeit at the cost of substantially increased
computational effort.

Pre-stack depth migration and migration velocity
analysis. Simply put, this involves tracing the seismic
energy from the source to the receiver for every recorded
trace, with the philosophy that every seismic trace should
be computable if the structure and the velocity model were
both known. A detailed velocity model is essential for the
success of PSDM; often a simplified model is assumed,
and iteratively improved usingmigration velocity analysis
(MVA). For details/issues regarding 2-D vs. 3-D, time-
vs. depth- and post-stack vs. pre-stack migration, see Seis-
mic, Migration and Yilmaz (2001).

Special processing
True amplitude: AVO, DHI. Observed variations of the
RC with respect to angle of incidence may be interpreted
in terms of changes in lithology across the reflecting
boundary (amplitude versus offset, or, AVO), and may
even indicate the nature of the pore-fluids. Such direct
hydrocarbon indicators (DHI) include bright-spots, flat-
spots, polarity-reversals, etc. (see Yilmaz, 2001; Sheriff
and Geldart, 1995). A prerequisite for such analyses is
true amplitude processing, avoiding modules that remove
differential amplitude information, e.g., balancing,
stacking, AGC, etc.
Converted waves. Using multi-component receivers, it
is possible to identify waves that have been converted at
the reflection boundary, and hence possess asymmetrical
up- and down-ray-paths. Proper processing of such data,
with CCP (common conversion point) replacing CDP, pro-
vides a better constraint for imaging.
VSP and cross-well tomography. Bore-holes can be
used for placing receivers (and sources), resulting in sig-
nificant noise-reduction. The first processing step now is
to separate up- and down-going wave-fields, for details,
see Vertical Seismic Profiling.
Anisotropy. Many seismic media are anisotropic,
a common example being shales, which exhibit faster
speeds parallel to the layering than across it, and require
modification of procedures for proper imaging, e.g., the
move-out curve would no more be hyperbolic. This field
is proving important for reservoir studies too, see Helbig
and Thomsen (2005) for an overview and also “Seismic
Anisotropy.”
Current investigations, controversies
Noise as a seismic source
This has become an exciting and active field of research
(seismic interferometry and daylight imaging), connecting
early conjectures (Claerbout, 1968) and more recent
breakthroughs (Fink, 1993, 1997). See Seismic Noise;
Seismic, Ambient Noise Correlation and Schuster et al.
(2004) for an introduction to this evolving area.
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Imaging versus inversion
Imaging tries to obtain useful (drillable) structural infor-
mation using large data-redundancy and simple concep-
tual models, whereas inversion aims at getting values for
the physical parameters of the medium, using more
involved theory. Full wave-form inversion (see Seismic,
Waveform Modeling and Tomography) i.e., predicting
each seismic/seismological trace completely in terms of
the viscoelastic properties of the medium is the ultimate
goal. Note, that perfect inversion implies perfect imaging –
and vice-versa!

Summary
The simple echo-in-the-well experiment mentioned at the
start needs many physico-mathematical supports when
applied to the earth’s subsurface. Starting at data acquisi-
tion, the modules yielding the final image resemble
a pipeline (flow). Several of these have been explained
briefly; for others, cross-references elsewhere in this vol-
ume have been provided.
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Definition
Diffraction – Redistribution in space of the intensity of
waves resulting from the presence of an object. It is also
referred as the penetration of wave energy into areas for-
bidden by geometrical optics, e.g., the bending of wave
energy around obstacles without obeying Snell’s law as
explained in Huygens’ principle (generation of secondary
sources).
Diffraction wave-field – An event observed on seismic
data produced by diffracted energy, resulting at the termi-
nation of reflectors (as at faults and other abrupt changes
in seismic impedance), and it is characterized on seismic
records and sections by a distinctive alignment.
Diffraction tomography –An inverse technique that is used
in seismic exploration to reconstruct the physical properties
under investigation using wave-equation propagation.
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Introduction
When a wave (elastic wave, electromagnetic wave, or
sound wave) meets an object, particle, or obstacle, it is
diffracted due to scattering of energy of the propagating
wave (Figure 1). However, in the literature, the terms of
diffraction and scattering are often used interchangeably,
and it can be sometimes confusing. Scattering and diffrac-
tion are two physical phenomena that any kind of waves
can experience, but they are not the same thing. Scattering
is understood in terms of particles, and behaves similarly
for waves. Scattering is effectively bouncing off some-
thing. For waves, it is being absorbed and then almost
immediately released in another direction. Scattering
occurs because an object gets in the way of the wave.
The part of the wave that strikes the object must either pass
through (e.g., light through glass), be absorbed (sunburn),
or be scattered (light bouncing off the wall, so we can see
the wall). Diffraction is due to part of a wave being
removed. It is an action taken by the part of the wave that
does not strike an object. Here is an example of diffrac-
tion: Imagine a straight wave traveling forward along the
surface of water. If you block the left half of the wave,
the right half will not just keep moving forward, and it will
expand toward the left, toward where the blocked wave
would have been. Awave seems to continuously regener-
ate itself, always pushing forward on itself. When
a section is removed, parts of the wave get pushed into
the empty spot. This, in some ways, correlates to your
pushing a wide row of blocks. If many people push on
a few blocks each, a straight line can be maintained. If
one person tries to do so, the blocks in front will tend to
spread out.

In a sense, diffraction and scattering refer to a wave
being redirected as a result of interacting with objects.
However, a more precise definition used in optics
n
n

S
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Receiver

L

uo

uo + us

us

u ’s

Seismic Diffraction, Figure 1 Problem configuration:
a scattering object S bounded by the curve L with outward
normal n. Upon an incidence of u0 located at source, the total
wave-field received at receiver is the superposition of the
incident wave-field u0 and the scattered wave-field us.
distinguishes these two. In optics, scattering generally
implies interaction of waves (or photons) with spatially
uncoordinated (unordered) atoms, i.e., wave being
scattered off the particles and surfaces. This means that
if one looks at a picture of the scattered radiation, one
would see a spatially continuous footprint. Diffraction,
on the other hand, occurs when the object or part of the
object is made up of ordered atoms. These atoms, being
neatly arranged, “scatter” the waves or photons in
a coordinated way, i.e., in specific directions, giving rise
to what we can see on a film as bright spots rather. In other
words, diffraction is a special type of scattering that leads
to large-scale interference effects. Usually this is because
the surface causing the scattering has some overall organi-
zation, such as a ruled diffraction grating or the knife-edge
of a slit.

Although scattering and diffraction are not logically
separate, the treatments tend to be separated, with diffrac-
tion being associated with departures from geometrical
optics caused by the finite wavelength of the waves. Thus,
diffraction traditionally involves apertures or obstacles
whose dimensions are large compared to a wavelength.
To lowest approximation the interaction of waves is
described by ray tracing (geometrical optics). The next
approximation involves the diffraction of the waves
around the obstacles or through the apertures with
a consequent spreading of the waves. Simple arguments
show that the angle of diffraction of the waves are con-
fined to the region y � l=a where l is the wavelength
and a is linear dimension of the aperture or obstacle
(approximations considered work well if l=a � 1). Note
that diffraction may cause the localization of seismic
waves – a phenomenon that is similar to the localization
of lights in crystal (Larose et al., 2004). This phenomenon
is caused by the focusing and defocusing of energy
when seismic wave propagates through media with distri-
butions of periodical or random distribution of scattering
bodies.

In order to gain some perspective on these two
extremely complex phenomena (diffraction and scatter-
ing), various theories and models have been developed
in physics, and the limitations and validity of these theo-
ries are controlled by two ratios: object dimension a
to wavelength (a/l) and path-length L to wavelength
l (L/l). In contrast to other branches of physics, in geo-
physics path-length is also important as we are interested
both in near field as well as far field (and often near and
far fields are treated differently). We also often use the
dimensionless parameters ka and kL (where k = o/l is
the wave number, o is frequency).
Diffraction theories
Application of any diffraction model can be divided into
two separate tasks. First, one must obtain the fields exiting
a diffracting object (i.e., the near fields, or the boundary
field values), or a reasonable approximation thereof. The
second step involves propagating those fields to the
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desired observation point. These are distinct and separate
parts of the diffraction models.Most texts do not make this
separation clear. Instead, the boundary value assumptions
and subsequent propagation into the far field are lumped
together into one theoretical treatment. If the resulting dif-
fraction pattern is at all inaccurate, it is difficult to deter-
mine how much of that error is due to incorrect
boundary fields and howmuch is the result of the propaga-
tion calculation. Because of this, it is often difficult to
know which model is appropriate for a particular problem.

There are a number of different models to compute dif-
fraction wave-field due to wave scattering, including the
Huygens’ Principle, the Rayleigh-Sommerfeld theory,
the Kirchhoff’s diffraction theory, Taylor series perturba-
tion theory or the high-order Born approximation, Rytov
phase approximation, and a model referred to as angular
spectrum of plane waves. The well-known Fraunhofer
and Fresnel approximations, as they appear in most intro-
ductory texts, are derived from the Kirchhoff model. Sev-
eral other methods are also available for treating
diffraction problems: discrete wave-number techniques;
generalized ray techniques; and various numerical
methods (finite difference methods; finite element
method; and boundary integral or element methods). Each
of these theoretical methods and models is based on some
assumptions and has its strengths and weaknesses, and
each can be satisfactorily employed for some ranges of
problems. The choice of an appropriate model is based
on what is known about a specific problem.

If there are several objects or particles, the scattering from
one object will induce further scattered fields from all the
other objects, which will induce further scattered fields, from
all the other objects, and so on. This process is called multi-
ple scattering. Not all theories are applicable tomultiple scat-
tering problems (in physics, this is called many-body
problem). The Kirchhoff approximation ignores multiple
scatterings between any two surface points. In general, it
has been considered valid for the large-scale objects. Pertur-
bation theory based on the Taylor series expansion, also
sometimes called the high-order Born approximation, is
valid for the small-scale objects whose dimensions are less
than a wavelength (or objects whose physical properties
are not too different from background solids). The Rytov
phase approximation to large-scale object is not subject to
the stringent restrictions that apply to the Kirchhoff approxi-
mation. Studies have shown that the Rytov approximation
improves the Kirchhoff approximation in both amplitude
and phase. To some degrees, the high-order Born series
approximation can account for multiple scattering between
closely-spaced objects. For instance, the second-order Born
approximation might be sufficient to guarantee the accuracy
for general rough surfaces without infinite gradients and
extremely large surface heights. In contrast to other branch
of field, e.g., optics, in seismology two kinds of waves exist,
compressional and shear waves. These two waves can con-
vert to each other when one meets an object. When multiple
objects exist, the conversion and interaction between differ-
ent wave types due to multiple scattering can be very
complex. Therefore, care must be taken when one uses any
diffraction theory to solve specific geophysical problems.

Geometrical theory of diffraction
The geometrical theory of diffraction (GTD) is an exten-
sion of geometrical optics that accounts for wave diffrac-
tion by edges. It was introduced in 1953 by Keller (the
most commonly cited reference was published by Keller
in 1962). The geometrical theory of diffraction was
devised to eliminate many of the problems associated with
geometrical optics. The strongest diffracted fields arise
from edges, but ones of lesser strength originate from
point discontinuities (tips and corners). The total field
u = (u1, u2, u3) at an observation point x

*

is decomposed
into geometrical optic rays (the incident or reference field)
u0i and diffracted components udi

uið~xÞ ¼ u0i ð~xÞ þ udi ð~xÞ: (1)

The behavior of the diffracted field is based on the fol-

lowing postulates of GTD:

1. Wavefronts are locally plane waves.
2. Diffracted rays emerge radially from an edge.
3. Rays travel in straight lines in a homogeneous medium.
4. Polarization is constant along a ray in an isotropic

medium.
5. The diffracted field strength is inversely proportional

to the cross sectional area of the flux tube.
6. The diffracted field is linearly related to the incident

field at the diffraction point by a diffraction coefficient
(see Achenbach et al., 1982, for various analytic
solutions).

GTD is a high frequencymethod for solvingwave scatter-
ing problems from large-scale discontinuities or discontinu-
ities in more than one dimension at the same point, and it
uses ray diffraction to determine diffraction coefficients for
each diffracting object-source combination. These coeffi-
cients are then used to calculate the field strength and phase
for each direction away from the diffracting point. These
fields are then added to the incident fields and reflected fields
to obtain a total solution. Multiple scattering wave-fields
cannot be easily computed using GTD.

Kirchhoff approximation
In the Kirchhoff representation of diffracted wave-fields,
the ith component of diffracted wave-field ui is computed
using

udi ðx
*Þ ¼ �

Z
P ukð~xÞ½ �c0kjpq @Gp

i ð~x;~X Þ
@xq

h i
njdS~x; (2)

where nj is the jth component of the normal n to the surface
of scattering object, X is a point on the face of the scatter-
ing object, [uk] is the kth displacement discontinuity
across the object in the direction of n (object normal),
and c0kjpq is the elastic tensor of the background, which
are often assumed to be isotropic. Equation 2 provides
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a means of evaluating the diffracted field so long as the
displacement discontinuity [u] on the object can be esti-
mated accurately. Since the amplitudes and phases of [u]
are unknown, in the Kirchhoff approximation, these are
taken to be the same as if the object were infinitely long,
that is, the effect of the boundary is ignored (see Douglas
and Hudson, 1990; Liu et al., 1997). Therefore,
the Kirchhoff approximation is a high frequency approxi-
mation, which is only applicable to diffraction from
objects whose dimension is larger than the wavelength.

Perturbation theory: Born and Rytov
approximation
The diffracted wave-field in Equation 1 can be written as
an infinite series of the Taylor series expansion and is
derived by assuming that the physical property of scatter-
ing objects is written as a perturbation of background
media. The Born approximation consists of taking the
incident field in place of the total field as the driving field
at each point in the scatterer. It is the perturbation method
applied to scattering by an extended body. It is accurate if
the scattered field is small, compared to the incident field,
in the scatterer. It is only valid for weak scattering or when
the obstacles are small compared to both the wavelength
and the spacing between the objects. Clearly, it has serious
limitations when dealing with large-scale objects. The
simplest approximation, called single scattering or the
first-order Born approximation, is to ignore the multiply
scattered field between objects. This approximation has
been widely used in geophysics (Hudson and Heritage,
1981; Wu, 1982, 1989).

The Rytov approximation linearly perturbs the phase of
a wave-field with respect to model parameters such as veloc-
ity whereas the Born approximation perturbs the amplitude.
When theGreen’s functions for point sources are replaced by
Eikonal approximations, the Rytov perturbed wave-field
becomes a scaled, differentiated, time-delayed version of
the reference or incident wave-field.

Numerical methods used to compute diffraction
wavefield
Various numerical methods can also be used to compute
diffracted wave-fields, particularly now, when high-
performance computers are widely available. In geophys-
ics, finite difference methods have been used widely in the
study of scattering of elastic waves by crustal heterogene-
ities with continuous variation of physical properties and
they have also been used to model scattering by thin
cracks and large fractures (see Coutant, 1989; Fehler and
Aki, 1978; Coates and Schoenberg, 1995; Vlastos et al.,
2003, 2007). Elastodynamic boundary integral equation
or boundary element method has also been widely used
to compute wave-fields from discrete inclusions with var-
ious spatial distributions as well as rough-surface topo-
graphic variations (see Bouchon, 1987; Pointer et al.,
1998; Liu and Zhang, 2001; Sanchez-Sesma and
Campillo, 1991, 1993).
An example of seismic diffraction from a single
fracture
Some practical applications of diffraction theories in seis-
mology include scattering from cavities; topographic var-
iation, fractures, cracks (Figure 2). Here we give three
examples to demonstrate the application of various theo-
ries in tacking diffraction problems. An example is given
here for diffraction from a single fracture as computed
using the finite difference method (Vlastos et al., 2003,
2007). The model geometry is shown in Figure 2.
The source, receivers, and fracture are situated in an
ideal elastic full space (Vp = 3,300 m/s, Vs = 1,800 m/s,
density r = 2.2 g/m3). The receiver array at which vertical
and horizontal particle displacements are recorded is hor-
izontal and 340 m above the fracture. The fracture is 300
m long. The source is located at the center of the receiver
array. The source type is a vertical force. The source signal
is a Ricker wavelet with a peak frequency of 25 Hz and
a pulse initial time of 0.1 s. Figure 3 also shows the differ-
ent kinds of waves generated by the interaction of the
waves generated by the source and the fracture. The
source generates both P and S waves. When they reach
the fracture boundary those waves are reflected and we
have PPr, PSr, SPr, and SSr waves. We calculate the theo-
retical ray travel-times and overlap them on the synthetic
seismograms. Figures 3a and 3b show the horizontal (x)
and the vertical (z) components, respectively, of the syn-
thetic seismograms together with the theoretical ray
travel-times. As we can see from both figures, we
have very good agreement between the theoretical ray
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travel-times and the synthetic seismograms. All types of
waves are accurately represented in the synthetic
seismograms. Owing to the type of source that we imple-
ment, we have strong arrivals at short offsets on the hori-
zontal component and strong arrivals at long offsets on
the vertical component. In addition to that, the diffracted
waves from the tips of the fracture and the PPr and PPd
waves are not visible in the horizontal component, but
they are very clearly demonstrated in the vertical compo-
nent and follow the theoretical travel-times. This is
expected because the source causes vertical displacements
on the medium, so very close to the source and very far
away from it, the horizontal displacement is negligible.
Another aspect of the comparison between the theoretical
and the modeled data is that they give us further insight
into the waveform patterns. For instance, we can see in
both Figures 3a and 3b that in the areas of superposition
between the reflected waves from the fractures and the
diffracted waves from the tips we have maximum ampli-
tude in the wave-field, as a result of constructive interfer-
ence. This gives us valuable information concerning the
medium we are examining.
Diffraction tomography
Seismic tomography is emerging as an imaging method
for determining subsurface structure. When the view-
angle coverage is limited and the scale of the medium
inhomogeneities is comparable with the wavelength, as
is often true in geophysical applications, the performance
of ordinary ray tomography becomes poor. Other tomo-
graphic methods are needed to improve the imaging
process, e.g., diffraction tomography. It has been widely
used in surface reflection profiling (SRP), vertical seismic
profiling (VSP), and cross-hole measurements. Theoreti-
cal formulations are derived by Wu and Toksoz (1987)
for two-dimensional geometry in terms of line sources
along a source line and line receivers along a receiver line.
The theory for diffraction tomography is based on the
Born or Rytov approximation. Multisource holography,
which is similar to Kirchhoff-type migration, often gives
distorted images of the object. This distortion causes long
tails of the image in the case of SRP and a strong noise belt
in the case of VSP and is due to incomplete and
nonuniform coverage of the object spectrum. The filtering
operation of diffraction tomography helps in correcting
the nonuniform coverage (including duplication) of the
object spectrum in the reconstruction process and there-
fore reduces the distortions. On the other hand,
multisource holography is better suited for imaging sharp
boundaries with large acoustic impedance contrasts since
diffraction tomography is restricted, to weak inhomogene-
ities. In addition, multisource holography has the flexibil-
ity to be used with an arbitrary number of sources
(including a single source). Its sampling interval is not
restricted by the Nyquist frequency. Numerical examples
show that combined data sets (such as surface reflection
data combined with VSP data or cross-hole data combined
with surface data) improve the image quality.
Summary
Diffraction refers to the spatial distribution of the intensity
of seismic waves resulting from the presence of an object
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(e.g., a hill- or valley-like topographic feature on the sur-
face, or a fracture, cavity, or cave in the subsurface). It is
also referred as the penetration of wave energy into areas
forbidden by geometrical optics, e.g., the bending of wave
energy around obstacles without obeying Snell’s law as
explained in Huygens’ principle (as secondary sources).
In the geophysical literature, the words of diffraction and
scattering are often used interchangeably and it can be
confusing. Diffraction and scattering are two different
physical phenomena, but they are related to each other.
Several analytic diffraction theories have been developed,
e.g., geometrical theory of diffraction and Kirchhoff dif-
fraction theory. More recently, numerical methods, such
as finite difference and boundary element or boundary
integral methods, are becoming increasingly used by geo-
physicists to simulate wave diffractions by complex vari-
ation of Earth’s topography or subsurface cavies
(cavities), fractures, irregular layers, etc. Geophysicists
now often use the diffracted wave-field to reconstruct the
subsurface physical properties (diffraction tomography)
to solve the so-called inverse diffraction problem.
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Definition
The transition zone (TZ) is the mantle layer bounded by
the 410– and 660–km seismic boundaries. The high
P-wave and S-wave velocity gradients within the TZ are
caused by a series of polymorphic phase transitions, the
depths (pressures) of which are controlled by temperature
and composition. Structure of the TZ plays an important
role in the heat/mass transfer between the upper and the
lower mantle.

Mineral physics data on the phase transitions in
the TZ
The most frequently used model of mantle composition is
pyrolite which contains �60% of olivine (Mg,Fe)2SiO4.
At a depth of �410 km olivine (a) transforms to
wadsleyite (b, modified spinel). The Clapeyron slope of
this transition is positive (4.0 MPa/K, Katsura et al.,
2004); the increase of the S-wave velocity is �12%. At
a depth of�520 km wadsleyite transforms to ringwoodite
(g, silicate spinel). The velocity increase at this transition
is by an order of magnitude less than at the a/b transition
(e.g., Ita and Stixrude, 1992; Cammarano et al., 2005).
At a depth of �660 km ringwoodite transforms
to a mixture of perovskite (Mg,Fe)SiO3 and
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magnesiowüstite (Mg,Fe)O. The S velocity contrast of
this transition is comparable to that of the a/b transition.
The post-spinel transition is sharp and has a negative
Clapeyron slope of �2.8 MPa/K (Hirose, 2002).
This value is disputed and some recent estimates are in
a range from�0.4 to�1MPa/K (Ohtani and Sakai, 2008).

The other components of pyrolite are orthopyroxene,
clinopyroxene, and garnet. These components experience
in the TZ more gradual transformations: the pyroxenes dis-
solve into garnet (majorite) andmajorite transforms to perov-
skite near the bottom of the TZ. The Clapeyron slope of the
post-majorite transition is 1.3 MPa/K (Hirose, 2002). The
post-spinel and post-majorite phase boundaries cross each
other at 1,700–1,800�C, and the corresponding seismic dis-
continuity is a combined effect of both transitions. At the
temperatures less than 1,700�C the discontinuity is formed
mainly by the post-spinel transition, whilst at the higher
temperatures the post-majorite transition becomes dominant
(Hirose, 2002).
Seismic methods
The actual composition and temperature of the TZ can be
constrained by seismic data. An increase of the seismic
velocity gradient with depth is mirrored by the increase of
the apparent velocity of the P and S seismic arrivals with dis-
tance. Details can be obtained from the analysis of the related
loop (triplication) in the travel times andmodeling the related
waveforms with synthetic seismograms (e.g., Grand and
Helmberger, 1984). First indications of an increase of the
velocity gradient near the top of the TZ were obtained from
the analysis of incidence angles of the P waves (Galitzin,
1917). The 660-km discontinuity at the bottom of the TZ
with a comparable velocity contrast was discovered in the
mid-1960s (Anderson, 1965). Prior to the discovery of the
660-km boundary, the TZwas defined as the region between
the 400- and 1,000-km depths (Bullen’s region C).

The triplications corresponding to discontinuities in the
TZ are observed at epicentral distances between �1,700
and �3,200 km, whereas properties of the mantle may
change significantly on a scale of a few hundred kilome-
ters. Observations of reflected andmode-converted phases
can provide better resolution. In the neighboring field of
exploration seismology, accurate mapping of discontinu-
ities is based on observations of reflected phases. These
signals are small relative to noise, and the detection is
performed by using receiver arrays and stacking the
recordings of different sensors with move-out time correc-
tions. These methods are very efficient, but in seismology
adequate receiver arrays are few. The idea of receiver
function approach in seismology is to replace receiver
arrays by seismic-source arrays that can be very large
and dense. The differences in the waveforms of individual
earthquakes that are recorded at the same station are elim-
inated by appropriate frequency filtering.

P-wave receiver functions (PRFs) present the oldest
and most usable variety of receiver functions (Vinnik,
1977). This technique is based mainly on observations of
Ps phases, converted from P to S. The delay of the Ps
phase relative to P depends on the depth of the discontinu-
ity and velocities along the wave-propagation paths. The
amplitude of the Ps phase is proportional to the
S velocity contrast at the discontinuity. A gradual transi-
tion is transparent for short-period P waves, and a shift
of the spectrum of the Ps phase to lower frequencies indi-
cates the width of the discontinuity. The detection of small
seismic phases in PRFs can be accompanied by measure-
ments of their slowness. In a laterally homogeneous Earth,
Ps phases from the TZ discontinuities differ by slowness
from lithospheric reverberations that arrive in the same
time window, and this difference may help to separate
the signals from noise. The best results can be obtained
by combining source and receiver arrays. Unfortunately,
practical detection of the TZ converted phases in noise is
often based on relaxed criteria. Some of the widely cited
results are obtained from noisy receiver functions which
show a continuous train of positive “swells” and negative
“troughs.” The “swells” are brightly painted and the
resulting optical illusion may convince readers that they
see separate arrivals rather than an interference pattern.

S-wave receiver functions (SRFs) (Farra and Vinnik,
2000) are complementary to PRFs and deal with the
Sp phases converted from S to P. Multiple scattering at
shallow discontinuities, which presents the major source
of noise in PRFs, is practically absent in SRFs, because
the Sp phases from large depths arrive much earlier than
the scattered phases from shallow discontinuities. Another
useful method is based on observations of ScS reverbera-
tions (Revenaugh and Jordan, 1991). Detection of the
phases reflected from TZ discontinuities in this method
is in principle similar to that employed in receiver func-
tions and this technique can be viewed as a variety of
receiver function techniques. A shortcoming of this
method is its low (in comparison to PRFs and SRFs) lat-
eral resolution. Precursors to the seismic phases SS (SH
component), PP and P0P0 (SH, P and P0 waves reflected
from the Earth’s surface between the source and the
receiver) include phases reflected from TZ discontinuities.
These phases can be detected by using the receiver function
approach (Shearer, 1991). Lateral resolution of the
SS-precursor technique (�1,000 km) is by an order of mag-
nitude lower than of PRFs, but the SS precursors are useful in
the studies of the TZ of remote regions, where seismograph
stations are too few for high-resolution studies.
Topography and sharpness of TZ discontinuities
The amplitudes of seismic phases converted or reflected
from the major TZ discontinuities at 410- and 660-km
depths vary laterally but on the average are approximately
two times lower than predicted for olivine. This relation-
ship implies that the actual composition of the TZ is
broadly similar to pyrolite which contains �60% of oliv-
ine. A comparison of synthetic and actual wave fields for
the TZ indicates that the potential temperature in the man-
tle differs for a homogeneous pyrolite mantle and
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a mechanical mixture of basaltic and olivine components:
1,720 and 1,625 K, respectively (Ritsema et al., 2009).

The amplitudes of reflected and converted phases from
the 520-km discontinuity in pyrolite should be about an
order of magnitude lower than from the 660-km disconti-
nuity and, for this reason, practically unobservable. How-
ever, there are reports on observations of a discontinuity
near this depth, especially in the data on SS precursors
(e.g., Flanagan and Shearer, 1998; Gu et al., 1998; Deuss
and Woodhouse, 2001) and P wave recordings (e.g.,
Ryberg et al., 1997). Revenaugh and Jordan (1991) argued
that the large 520-km discontinuity in seismic data is
related to garnet/post-garnet transformation. Gu et al.
(1998) discussed a possibility of very deep continental
roots extending into the TZ. Deuss and Woodhouse
reported splitting of the 520-km discontinuity into two dis-
continuities. Bock (1994) denied evidence for the 520-km
discontinuity in precursors to SS.

The spectra of P410s in high-quality PRFs are usually
close to the spectra of P, which indicates that the 410-km dis-
continuity is sharp, with a width of several kilometers
(Petersen et al., 1993). Benz and Vidale (1993) observed
high-frequency precursors to P0P0 with implication that the
widths of both 410- and 660-km transitions are �4 km or
less. There are many other observations of short-period P0
waves reflected from the 660-km discontinuity, which indi-
cate that this discontinuity is sharp. However, the spectra of
P660s are shifted to longer periods relative to P (e.g.,
Petersen et al., 1993) with implication that the 660–km
boundary is a few tens of kilometers wide. This controversy
can be reconciled with the data of mineral physics on the two
phase transitions in the same depth range.

Analysis of high-quality PRFs demonstrates that the
large, in a range of a few seconds, variations of travel
times of the TZ phases are caused mainly by lateral hetero-
geneity of the upper mantle outside the TZ (Chevrot et al.,
1999). If the most heterogeneous structures are excluded
from consideration, these variations are similar for P660s
and P410s and can be removed by taking the difference
between the P660s and P410s arrival times at the same
station. Lateral variations of this difference are sensitive
to changes in the TZ thickness. The best data on the
P660s-P410s time difference suggest that the depths of
the 410- and 660-km discontinuities are stable within
several kilometers everywhere, except the anomalously
hot and cold regions: hotspots and subduction zones,
respectively (Chevrot et al., 1999). These normal or stan-
dard depths of the major boundaries practically coincide
with those in the IASP91model (410 and 660 km, Kennett
and Engdahl, 1991), and the normal TZ thickness is
250 km. This should not be mistaken for the “average”
thickness.

The results for hotspots, most of which are located in
oceans, are controversial (e.g., Lawrence and Shearer,
2006; Tauzin et al., 2008; Deuss, 2007; Li et al., 2003).
The related data are highly variable in quality. Therefore,
instead of relying on statistics, I prefer to single out the
results for Iceland, which is one of the most thoroughly
investigated hotspots. The network of seismograph sta-
tions in Iceland is large, and there are several independent
tomographic studies of this region. This means that the
topography on the 410-km discontinuity can be separated
from the effects of volumetric velocity variations. Seismic
tomography reveals beneath Iceland a narrow (�200 km)
columnar, low-velocity body extending into the TZ (e.g.,
Foulger et al., 2000), in which the 410-km discontinuity
is depressed by �15 km (Shen et al., 1998), whilst the
660-km discontinuity is at its normal depth (Du et al.,
2006). No TZ anomaly could be found in the data of the
station BORG in Iceland (Chevrot et al., 1999), just
because the columnar body is narrow, and the station is
located unfavorably with respect to it. The depressed
410-km discontinuity suggests that the TZ temperature is
elevated by �150�C. The standard depth of the 660 km
discontinuity implies that either the temperature at this
depth is normal, or, as indicated by high-pressure experi-
ments (Hirose, 2002), a sensitivity of depth of the transi-
tion to temperature is low in this temperature range.
Note, that the accurate estimate of depth of the 660-km
discontinuity in the columnar body beneath Iceland
required data on the P and S velocities in this body. For
most other hotspots such data are unavailable. For the
ray paths outside the columnar body, the time difference
between P660s and P410s is close to the normal time with
implication that the TZ of the normal oceanic mantle has
the same 250-km thickness as beneath the continents.

Broadly similar results are obtained for several other
hotspots. For example, similar measurements at several
stations in the region of the South Pacific superswell
(Suetsugu et al., 2007) show that beneath one station the
thickness of the TZ is 216  19 km. The anomalous
region cannot be larger than a few hundred kilometers.
The average for all other stations is 248  5 km, very
close to the standard value of 250 km. By comparison,
the SS-precursor data portray in the South Pacific
a large (several thousand kilometers) region, where the
TZ thickness is reduced to �230 km (Flanagan and
Shearer, 1998; Gu et al., 1998; Houser et al., 2008).
A similar region is found in the Atlantic. These data, if
accepted at face value, imply that the TZ beneath oceans
differs from that beneath continents, and the TZ beneath
the hotspots is the normal oceanic TZ, contrary to the
receiver function data. Substantial discrepancies between
the results of the two methods exist in continental regions
where numerous seismograph stations facilitate good-
quality receiver function studies.

Subduction zones demonstrate another kind of anom-
aly. Temperature in subducted slabs is anomalously low
and the equilibrium depth of the olivine-wadsleyite phase
transition should be�100 km less than in ambient mantle.
However, the 410-km discontinuity in most of the pres-
ently active subduction zones apparently cannot be
detected with either PRFs or other methods, most likely
because the olivine-wadsleyite phase transformation is
kinetically hindered and a wedge-shaped zone of olivine
may persist at depths greatly exceeding 410 km (Kirby
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et al., 1996). The signals from the 410-km discontinuity
that are sometimes obtained in seismic studies of these
regions are most likely generated outside the cold
subducted lithosphere. Observations of short-period
phases converted from S to P near the hypocenters of deep
earthquakes show that the 660-km discontinuity in
subducted slabs varies in depth but sometimes is
depressed by up to �50 km (e.g., Bock and Ha, 1984;
Vidale and Benz, 1992; Wicks and Richards, 1993). This
can be explained by the negative Clapeyron slope of the
post-spinel transition and a low temperature of the
subducted slab. The temperature anomalies can be up to
�600�C. Accurate calculations are hampered by uncer-
tainty in the estimates of the Clapeyron slope. The studies
conducted with high-resolution techniques (e.g., Niu and
Kawakatsu, 1998) demonstrate that the lateral scales of
the anomalies are many times smaller than imaged by SS
precursors.

Robust evidence for an elevated differential time
P660s-P410s and a depression of the 660-km discontinu-
ity is provided by PRFs in the Alps where the active phase
of Cenozoic subduction is over, but remnants of the oce-
anic lithosphere are present in the TZ (Lombardi et al.,
2009). Similar anomalies are either found or can be
expected in other regions of the Alpine belt.
The issue of water in the TZ
The cited results of mineral physics were obtained for the
dry TZ. Many researchers examined solubility of water in
minerals of the TZ (for reviews see, e.g., Bolfan-
Casanova, 2005; Ohtani and Sakai, 2008; Smyth and
Jacobsen, 2006). Hydration means modification of struc-
tures of the TZ minerals by incorporation of hydroxyl
(OH). It appears that wadsleyite and ringwoodite may
incorporate up to�2.0 wt% of water. Pressure of the oliv-
ine-wadsleyite transition decreases by hydration by up to
about 1 GPa (�30 km in depth), whereas the pressure of
the post-spinel transition increases. The width of the
two-phase loop between olivine and wadsleyite increases
with increasing water content, and may reach a few tens
of kilometers in depth relative to several kilometers for
dry conditions. Hydration of 1 wt% lowers S velocity by
1–2%, whereas P velocities remain practically the same.

The expected anomalies in the depth (30 km) and thick-
ness (a few tens of kilometers) of the 410-km discontinuity
are sufficiently large to be easily detected by PRFs. However
seismic observations of such effects in good-quality PRFs
are practically unknown. In some regions, the seismic data
for the TZ are very complicated, and hydration can be one
of the reasons for the complexity, but this is hard to prove.
Nolet and Zielhuis (1994) reported observations of anoma-
lously low S velocity at depths of 300–500 km beneath the
Tornquist-Teisseyre zone near the western boundary of the
Russian platform. They attributed this effect to hydration at
the time of closure of the Paleozoic Tornquist Ocean. This
observation has been made by using surface waves. The
anomalous area clearly presents a good target for application
of other methods, but no such study is known yet. The lack
of seismic evidence for the hydrated TZ is consistent with
measurements of conductivity in the TZ (Yoshino et al.,
2007), which suggest that the TZ is practically dry.

A low S velocity layer atop the 410-km discontinuity
may present another possible effect of hydration of the
TZ. Owing to the large water solubility, the TZ may have
higher water concentration than water storage capacity of
the upper mantle. Then upwelling mantle material enter-
ing the upper mantle from the TZ may undergo dehydra-
tion melting (e.g., Bercovici and Karato, 2003). Huang
et al. (2005) argued that even �0.1–0.2 wt% of water in
the TZ of the Pacific is sufficient for partial melting at
�410-km depth.

The layer a few tens of kilometers thick with the
S velocity reduction of a few percent atop the 410-km dis-
continuity was detected by Revenauh and Sipkin (1994)
beneath eastern China and by Vinnik et al. (1996) beneath
the Kaapvaal craton in southern Africa, from multiple ScS
reverberations and PRFs, respectively. Both observations
were confirmed by S receiver functions for the same loca-
tions and reproduced at a number of other locations that
include Antarctica, Siberia, northern Africa, and Arabian
Peninsula (Vinnik and Farra, 2007). This layer is also found
in the west of North America (e.g., Song et al., 2004;
Jasbinsek and Dueker, 2007). Most locations of this layer
seem to be associated with Cenozoic and Mesozoic mantle
upwellings (Vinnik and Farra, 2007), but hydrous melting
as the reason for the low S velocity still is not proved. It
might be proved by observations of anomalously high
anelastic attenuation, but indications of it so far were
reported only for southern Africa (Vinnik et al., 2009).

Beyond the layer atop the TZ, there are indications of
a low S-wave velocity layer in a depth range between 450
and 520 km at several locations (e.g., Vinnik et al., 2009).
This phenomenon might also be related to hydration and it
requires further analysis.
Summary
Seismic observations of the major TZ discontinuities near
410- and 660-km depths on a global scale are broadly con-
sistent with the pyrolite mantle model. The 410-km dis-
continuity is related to the olivine-wadsleyite phase
transition with a positive Clapeyron slope. The 660-km
discontinuity is related to the post-spinel transition in the
olivine component and post-majorite transition in the
other components, with a negative and positive Clapeyron
slope, respectively. In the normal mantle, the depths of the
discontinuities are stable and in good agreement with the
IASP91 model, where the thickness of the TZ is 250 km.
Anomalous topography of the TZ discontinuities is related
to hot and cold regions (hotspots and subduction zones,
respectively). The anomalies beneath oceans are related
mainly to hotspots, where the 410-km discontinuity is
depressed by �20 km. The corresponding temperature
anomalies are up to �200�C. The lack of comparable
topography on the 660-km discontinuity beneath hotspots
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can be explained, among other reasons, by peculiarities of
phase transitions near 660-km depth. Beneath continents,
except Africa and Antarctica, the anomalies are related
mainly to Cenozoic subduction zones, where the 660-km
discontinuity can be depressed by up to �50 km. The
related temperature anomalies are in a range of several
hundred degrees Celsius. In spite of high water solubility
in wadsleyite and ringwoodite, credible observations of
seismic effects of hydration in the TZ are practically
unknown. The thin low-S-velocity layer atop the 410-km
discontinuity, found at a number of locations, is probably
the only exception. The low velocity can be an effect of
a hydrous melt. On a regional scale the TZ may contain
less well-understood complexities such as the 520-km
discontinuity or a low S velocity layer between 450- and
520-km depths.
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Definition
Seismic hazard. Any physical phenomena associated with
an earthquake (e.g., ground motion, ground failure, lique-
faction, and tsunami) and their effects on land, man-made
structure, and socioeconomic systems that have the poten-
tial to produce a loss. It is also used without regard to a loss
to indicate the probable level of ground shaking occurring
at a given point within a certain period of time.
Seismic hazard analysis. Quantification of the ground
motion expected at a particular site.
Deterministic seismic hazard analysis. Quantification of
a single or relatively small number of individual earth-
quake scenarios.
Probabilistic seismic hazard analysis. Quantification of
the probability that a specified level of ground motion will
be exceeded at least once at a site or in a region during
a specified exposure time.
Ground motion prediction equation. A mathematical
equation which indicates the relative decline of the ground
motion parameter as the distance from the earthquake
increases.

Introduction
The estimation of the expected ground motion which can
occur at a particular site is vital to the design of important
structures such as nuclear power plants, bridges, and
dams. The process of evaluating the design parameters
of earthquake ground motion is called seismic hazard
assessment or seismic hazard analysis. Seismologists and
earthquake engineers distinguish between seismic hazard
and seismic risk assessments in spite of the fact that in
everyday usage these two phrases have the same meaning.
Seismic hazard is used to characterize the severity of
ground motion at a site regardless of the consequences,
while the risk refers exclusively to the consequences to
human life and property loss resulting from the occurred
hazard. Thus, even a strong earthquake can have little risk
potential if it is far from human development and infra-
structure, while a small seismic event in an unfortunate
location may cause extensive damage and losses.

Seismic hazard analysis can be performed deterministi-
cally, when a particular earthquake scenario is considered,
or probabilistically, when likelihood or frequency of spec-
ified earthquake size and location are evaluated.
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The process of deterministic seismic hazard analysis
(DSHA) involves the initial assessment of the maximum
possible earthquake magnitude for each of the various
seismic sources such as active faults or seismic source
zones (SSHAC, 1997). An area of up to 450 km radius
around the site of interest can be investigated. Assuming
that each of these earthquakes will occur at the minimum
possible distance from the site, the groundmotion is calcu-
lated using appropriate attenuation equations. Unfortu-
nately, this straightforward and intuitive procedure is
overshadowed by the complexity and uncertainty in
selecting the appropriate earthquake scenario, creating
the need for an alternative, probabilistic methodology,
which is free from discrete selection of scenario earth-
quakes. Probabilistic seismic hazard analysis (PSHA)
quantifies as a probability whatever hazard may result
from all earthquakes of all possible magnitudes and at all
significant distances from the site of interest. It does this
by taking into account their frequency of occurrence.
Deterministic earthquake scenarios, therefore, are
a special case of the probabilistic approach. Depending
on the scope of the project, DSHA and PSHA can comple-
ment one another to provide additional insights to the seis-
mic hazard (McGuire, 2004). This study will concentrate
on a discussion of PSHA.

In principle, any natural hazard caused by seismic
activity can be described and quantified by the formalism
of the PSHA. Since the damages caused by ground shak-
ing very often result in the largest economic losses, our
presentation of the basic concepts of PSHA is illustrated
by the quantification of the likelihood of ground shaking
generated by earthquakes. Modification of the presented
log (Y )
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Seismic Hazard, Figure 1 Four steps of a PSHA (Modified from Rei
formalism to quantify any other natural hazard is
straightforward.

The classic procedure for the PSHA includes four steps
(Reiter, 1990), (Figure 1).

1. The first step consists of the identification and parame-
terization of the seismic sources (known also as source
zones, earthquake sources, or seismic zones) that may
affect the site of interest. These may be represented as
area, fault, or point sources. Area sources are often
used when one cannot identify a specific fault. In clas-
sic PSHA, a uniform distribution of seismicity is
assigned to each earthquake source, implying that
earthquakes are equally likely to occur at any point
within the source zone. The combination of earthquake
occurrence distributions with the source geometry,
results in space, time, and magnitude distributions of
earthquake occurrences. Seismic source models can
be interpreted as a list of potential scenarios, each with
an associated magnitude, location, and seismic activity
rate (Field, 1995).

2. The next step consists of the specification of temporal
and magnitude distributions of seismicity for each
source. The classic Cornell–McGuire approach
assumes that earthquake occurrence in time is random
and follows the Poisson process. This implies that
earthquake occurrences in time are statistically
independent and that they occur at a constant rate.
Statistical independence means that occurrence of
future earthquakes does not depend on the occur-
rence of the past earthquake. The most often used
model of earthquake magnitude recurrence is the
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frequency-magnitude Gutenberg–Richter relation-
ship (Gutenberg and Richter, 1944).

logðnÞ ¼ a� bm; (1)

where n is the number of earthquakes with a magnitude
of m and a and b are parameters. It is assumed that
earthquake magnitude, m, belongs to the domain
<mmin,mmax>, wheremmin is the level of completeness
of earthquake catalogue and magnitude mmax is the
upper limit of earthquake magnitude for a given seis-
mic source. The parameter a is the measure of the level
of seismicity, while b describes the ratio between the
number of small and large events. The Gutenberg–
Richter relationship may be interpreted either as being
a cumulative relationship, if n is the number of events
with magnitude equal or larger than m, or as being
a density law, stating that n is the number of earth-
quakes in a specific, small magnitude interval around
m. Under the above assumptions, the seismicity of each
seismic source is described by four parameters: the
(annual) rate of seismicity l, which is equal to the
parameter of the Poisson distribution, the lower and
upper limits of earthquake magnitude, mmin and mmax,
and the b-value of the Gutenberg–Richter relationship.

3. Calculation of ground motion prediction equations and
their uncertainty. Ground motion prediction equations
are used to predict ground motion at the site itself.
The parameters of interest include peak ground accel-
eration, peak ground velocity, peak ground displace-
ment, spectral acceleration, intensity, strong ground
motion duration, etc. Most ground motion prediction
equations available today are empirical and depend
on the earthquake magnitude, source-to-site distance,
type of faulting, and local site conditions. The choice
of an appropriate ground motion prediction equation
is crucial since, very often, it is a major contributor to
uncertainty in the estimated PSHA.

4. Integration of uncertainties in earthquake location,
earthquake magnitude and ground motion prediction
equation into probability that the ground motion
parameter of interest will be exceeded at the specified
site during the specified time interval. The ultimate
result of a PSHA is a seismic hazard curve: the annual
probability of exceeding a specified ground motion
parameter at least once. An alternative definition of
the hazard curve is the frequency of exceedance versus
ground motion amplitude (McGuire, 2004).

The following section provides the mathematical
framework of the classic PSHA procedure, including its
deaggregation. The most common modifications of the
procedure will be discussed in the section (Some modifi-
cations of Cornell–McGuire PSHA procedure and alterna-
tive models).

The Cornell–McGuire PSHA methodology
Conceptually, the computation of a seismic hazard curve
is fairly simple. Let us assume that seismic hazard is
characterized by ground motion parameter Y. The proba-
bility of exceeding a specified value y, P½Y � y�, is calcu-
lated for an earthquake of particular magnitude located at
a possible source, and then multiplied by the probability
that that particular earthquake will occur. The computa-
tions are repeated and summed for the whole range of pos-
sible magnitudes and earthquake locations. The resulting
probability P½Y � y� is calculated by utilizing the Total
Probability Theorem which is:

P½Y � y� ¼
X

P½Y � yjEi� 	 P½Ei�; (2)

where

P½Y � yjEi� ¼
Z

	 	 	
Z

P½Y � yjx1; x2; x3:::�	
fiðx1Þ 	 fiðx2jx1Þ 	 fiðx3jx1; x2Þ ::: dx3 dx2 dx1:

(3)

P½Y � yjEi� denotes the probability of ground motion
parameter Y � y; at the site of interest, when an earth-
quake occurs within the seismic source i. Variables
xi ði ¼ 1; 2; ::: Þ are uncertainty parameters that influence
Y. In the classic approach, as developed by Cornell (1968),
and later extended to accommodate ground motion uncer-
tainty (Cornell, 1971), the parameters of ground motion
are earthquake magnitude, M, and earthquake distance,
R. Functions f ð	Þ are probability density functions (PDF)
of parameters xi: Assuming that indeed x1 � Mand
x2 � R, the probability of exceedance (Equation 3) takes
the form:

P½Y � yjE� ¼
Zmmax

mmin

Z

RjM

P½Y � yjm; r�

fM ðmÞfRjM ðrjmÞ dr dm;
(4)

where P½Y � yjm; r� denotes the conditional probability
that the chosen ground motion level y is exceeded for
a given magnitude and distance; fM ðmÞ is the PDF of
earthquake magnitude, and fRjM ðrjmÞ is the conditional
PDF of the distance from the earthquake for a given mag-
nitude. The fRjM ðrjmÞ arises in specific instances, such as
those where a seismic source is represented by a fault rup-
ture. Since the earthquake magnitude depends on the
length of fault rupture, the distance to the rupture and
resulting magnitude are correlated.

If, in the vicinity of the site of interest, one can distin-
guish nS seismic sources, each with average annual rate
of earthquake occurrence li, then the total average annual
rate of events with a site ground motion level y or more,
takes the form:

lðyÞ ¼
XnS
i¼1

l
Zmmax

mmin

Z

RjM

P½Y � yjM ;R�

fM ðmÞfRjM ðrjmÞ dr dm;
(5)
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In Equation 5, the subscripts denoting seismic source

number are deleted for simplicity, P½Y � yjm; r� denotes
the conditional probability that the chosen ground motion
level y, is exceeded for a givenmagnitudem and distance r.
The standard choice for the probability P½Y � yjm; r� is
a normal, complementary cumulative distribution func-
tion (CDF), which is based on the assumption that the
ground motion parameter y is a log-normal random
variable, lnðyÞ ¼ gðm; rÞ þ e, where e is random error.
The mean value of lnðyÞ and its standard deviation
are known and are defined as lnðyÞ and slnðyÞ, respectively.
The function fM ðmÞ denotes the PDF of earthquake magni-
tude. In most engineering applications of PSHA,
it is assumed that earthquake magnitudes follow the
Gutenberg–Richter relation (1), which implies that
fM ðmÞ is a negative, exponential distribution, shifted from
zero to mmin and truncated from the top by mmax

fM ðmÞ ¼ b exp½ð�ðm� mminÞ�
1� exp½ð�bðmmax � mminÞ� ; (6)
In Equation 6, b = b ln10, where b is the parameter of
the frequency-magnitude Gutenberg–Richter relation (1).

After assuming that in every seismic source, earthquake
occurrences in time follow a Poissonian distribution, the
probability that y, a specified level of ground motion at
a given site, will be exceeded at least once within any time
interval t is

P½Y > y; t� ¼ 1� exp½�lðyÞ 	 t�: (7)

The Equation 7 is fundamental to PSHA. For t = 1 year,

its plot versus ground motion parameter y, is the hazard
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ismic Hazard, Figure 2 Example of a Peak Ground Acceleration
curve – the ultimate product of the PSHA (Figure 2).
For small probabilities,

P½Y > y; t ¼ 1� ¼ 1� expð�lÞ

ffi 1� ð1� lþ 1
2
l2 � :::Þ ffi l; (8)

which means that the probability (Equation 7) is approxi-
mately equal to lðyÞ. This proves that PSHA can be char-
acterized interchangeably by the annual probability
(Equation 7) or by the rate of seismicity (Equation 5).

In the classic Cornell–McGuire procedure for PSHA, it
is assumed that the earthquakes in the catalogue are inde-
pendent events. The presence of clusters of seismicity,
multiple events occurring in a short period of time or pres-
ence of foreshocks and aftershocks violates this assump-
tion. Therefore, before computation of PSHA, these
dependent events must be removed from the catalogue.
Estimation of seismic source parameters
Following the classic Cornell–McGuire PSHA procedure,
each seismic source is characterized by four parameters:

– Level of completeness of the seismic data, mmin
– Annual rate of seismic activity l, corresponding to

magnitude mmin
– b-value of the frequency-magnitude Gutenberg–

Richter relation (1)
– Upper limit of earthquake magnitude mmax

Estimation of mmin. The level of completeness of the
seismic event catalogue, mmin, can be estimated in at least
two different ways.
10−1

GA (g)
100

(PGA) seismic hazard curve and its confidence intervals.
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The first approach is based on information provided by
the seismic event catalogue itself, wheremmin is defined as
the deviation point from an empirical or assumed earth-
quake magnitude distribution model. Despite the fact that
the evaluation of mmin based on information provided
entirely by seismic event catalogue is widely used, it has
several weak points. By definition, the estimated levels
of mmin represent only the average values over space and
time. However, most procedures in this category require
assumptions on a model of earthquake occurrence, such
as a Poissonian distribution in time and frequency-
magnitude Gutenberg–Richter relation.

The second approach used for the estimation of mmin
utilizes information on the detection capabilities of seis-
mic stations. The approach release users from the assump-
tions of stationarity and statistical independence of event
occurrence. The choice of the most appropriate procedure
formmin estimation depends on several factors, such as the
knowledge of the history of the development of the seis-
mic network, data collection, and processing.

Estimation of rate of seismic activity l and b-value of
Gutenberg-Richter. The accepted approach to estimating
seismic source recurrence parameters l and b is the maxi-
mum likelihood procedure. If successive earthquakes are
independent in time, the number of earthquakes with mag-
nitude equal to or exceeding a level of completeness,mmin,
follows the Poisson distribution with the parameter equal
to the annual rate of seismic activity l. The maximum
likelihood estimator of l is then equal to n/t, where n is
number of events that occurred within time interval t.

For given mmax, the maximum likelihood estimator of
the b-value of the Gutenberg–Richter equation can be
obtained from the recursive solution of the following:

1=b ¼ �m� mmin

þ ðmmax � mminÞ 	 exp½�bðmmax � mminÞ�
1� exp½�bðmmax � mminÞ� : (9)

where b = b ln10, and �m is the sample mean of earthquake
magnitude. If the range of earthquake magnitudes
<mmax;mmin> exceeds 2 magnitude units, the solution
of Equation 9 can be approximated by the well-known
Aki-Utsu estimator (Aki, 1965; Utsu, 1965)

b ¼ 1 = ð�m� mminÞ: (10)

In most real cases, estimation of parameters l and the

b-value by the above simple formulas cannot be
performed due to the incompleteness of seismic event cat-
alogues. The alternative procedures, capable to utilize data
incompleteness has been developed by Weichert (1980)
and Kijko and Sellevoll (1992).

Estimation of mmax. The maximum magnitude, mmax, is
defined as the upper limit of magnitude for a given seismic
source.

This terminology assumes a sharp cutoff magnitude at
a maximummagnitudemmax. Cognizance should be taken
of the fact that an alternative, “soft” cutoff maximum
earthquakemagnitude is also being used (Main andBurton,
1984). The later formalism is based on the assumption that
seismic moments of seismic events follow the Gamma dis-
tribution. One of the distribution parameters is called the
maximum seismic moment, and the corresponding value
of earthquake magnitude is called the “soft” maximum
magnitude. Beyond the value of this maximummagnitude,
the distribution decays much faster than the classical
Gutenberg–Richter relation. Although this model has been
occasionally used, the classic PSHAonly considers models
having a sharp cutoff of earthquake magnitude.

As a rule, mmax plays an important role in PSHA, espe-
cially in assessment of long return periods. At present,
there is no generally accepted method for estimatingmmax.
It is estimated by the combination of several factors,
which are based on two kinds of information: seismicity
of the area, and geological, geophysical, and structural
information of the seismic source. The utilization of the
seismological information focuses on the maximum
observed earthquake magnitude within a seismic source
and statistical analysis of the available seismic event cata-
logue. The geological information is used to identify dis-
tinctive tectonic features, which control the value ofmmax.

The current evaluations of mmax are divided between
deterministic and probabilistic procedures, based on the
nature of the tools applied.

Deterministic procedures. The deterministic procedure
most often applied is based on the empirical relationships
between magnitude and various tectonic and fault param-
eters, such as fault length or rupture dimension. The rela-
tionships are different for different seismic areas and
different types of faults (Wells and Coppersmith, 1994
and references therein). Despite the fact that such empiri-
cal relationships are extensively used in PSHA (especially
for the assessment of maximum possible magnitude gen-
erated by the fault-type seismic sources), the weak point
of the approach is its requirement to specify the highly
uncertain length of the future rupture. An alternative
approach to the determination of earthquake recurrence
on singular faults with a segment specific slip rate is pro-
vided by the so-called cascade model, where segment rup-
ture is defined by the individual cascade-characteristic
rupture dimension (Cramer et al., 2000).

Another deterministic procedure which has a strong,
intuitive appeal is based on records of the largest historic
or paleo-earthquakes (McCalpin, 1996). This approach is
especially applicable in the areas of low seismicity, where
large events have long return periods. In the absence of
any additional tectono-geological indications, it is
assumed that the maximum possible earthquake magni-
tude is equal to the largest magnitude observed, mobs

max, or
the largest observed plus an increment. Typically, the
increment varies from ¼ to 1 magnitude unit. The proce-
dure is often used for the areas with several, small seismic
sources, each having its own mobs

max (Wheeler, 2009).
Another commonly used deterministic procedure for

mmax evaluation, especially for area-type seismic sources,
is based on the extrapolation of the frequency-magnitude
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Gutenberg–Richter relation. The best known extrapola-
tion procedures are probably those by Frohlich (1998)
and the “probabilistic” extrapolation procedure applied
by Nuttli (1981), in which the frequency-magnitude curve
is truncated at the specified value of annual probability of
exceedance (e.g., 0.001).

An alternative procedure for the estimation ofmmax was
developed by Jin and Aki (1988), where a remarkably lin-
ear relationship was established between the logarithm of
coda Q0 and the largest observed magnitude for earth-
quakes in China. The authors postulate that if the largest
magnitude observed during the last 400 years is the max-
imum possible magnitude mmax, the established relation
will give a spatial mapping of mmax.

Ward (1997) developed a procedure for the estimation
of mmax by simulation of the earthquake rupture process.
Ward’s computer simulations are impressive; neverthe-
less, one must realize that all the quantitative assessments
are based on the particular rupture model, postulated
parameters of the strength and assumed configuration of
the faults.

The value of mmax can also be estimated from the
tectono-geological features like strain rate or the rate of
seismic-moment release (WGCEP, 1995). Similar
approaches have also been applied in evaluating the max-
imum possible magnitude of seismic events induced by
mining (e.g., McGarr, 1984). However, in most cases,
the uncertainty ofmmax as determined by any deterministic
procedure is large, often reaching a value of the order of
one unit on the Richter scale.

Probabilistic procedures. The first probabilistic proce-
dure for maximum regional earthquake magnitude was
developed in the late 1960s, and is based on the formalism
of the extreme values of random variables. A major break-
through in the seismological applications of extreme-
value statistics was made by Epstein and Lomnitz
(1966), who proved that the Gumbel I distribution of
extremes can be derived directly from the assumptions
that seismic events are generated by a Poisson process
and that they follow the frequency-magnitude Guten-
berg–Richter relation. Statistical tools required for the
estimation of the end-point of distribution functions (as,
e.g., Cooke, 1979) have only recently been used in the
estimation of maximum earthquake magnitude (Pisarenko
et al., 1996; Kijko, 2004 and references therein).

The statistical tools available for the estimation ofmmax
vary significantly. The selection of the most suitable pro-
cedure depends on the assumptions of the statistical distri-
bution model and/or the information available on past
seismicity. Some of the procedures can be applied in the
extreme cases when no information about the nature of
the earthquake magnitude distribution is available. Some
of the procedures can also be used when the earthquake
catalogue is incomplete, i.e., when only a limited number
of the largest magnitudes are known. Two estimators are
presented here. Broadly speaking, the first estimator is
straightforward and simple in application, while the sec-
ond one requires more computational effort but provides
more accurate results. It is assumed that both the analytical
form and the parameters of the distribution functions of
earthquake magnitude are known. This knowledge can
be very approximate, but must be available.

Based on the distribution of the largest among n obser-
vations and on the condition that the largest observed
magnitude mobs

max is equal to the largest magnitude to be
expected, the “simple” estimate of mmax is of the form

m̂max ¼ mobs
max þ

1

n fM ðmobs
maxÞ

; (11)

where fM ðmobs
maxÞ is PDF of the earthquake magnitude dis-

tribution. If applied to the Gutenberg–Richter recurrence
relation with PDF (Equation 6), it takes the simple form

m̂max ¼ mobs
max þ

1� exp½�bðmobs
max � mminÞ�

nb exp½�bðmobs
max � mminÞ� : (12)
The approximate variance of the estimator
(Equation 12) is of the form

VARðm̂maxÞ ¼ s2M þ 1

n2

1� exp½�bðmobs
max � mminÞ�

b exp½�bðmobs
max � mminÞ�

	 
2
;

(13)

where sM stands for epistemic uncertainty and denotes the
standard error in the determination of the largest observed
magnitude mobs

max. The second part of the variance repre-
sents the aleatory uncertainty of mmax.

The second (“advanced”) procedure often used for
assessment of mmax is based on the formalism derived by
Cooke (1979)

m̂max ¼ mobs
max þ

Zmobs
max

mmin

FM ðmÞ½ �ndm; (14)

where FM ðmÞ denotes the CDF of random variable m. If
applied to the frequency-magnitude Gutenberg–Richter
relation (1), the respective CDF is

FM ðmÞ ¼
0; for m< mmin;

1�exp½�bðm�mminÞ�
1�exp½�bðmmax�mminÞ� ; for mmin � m� mmax;

1; for m> mmax;

8<
:

(15)

and the mmax estimator (Equation 14) takes the form

m̂max ¼ mobs
max þ

E1ðn2Þ � E1ðn1Þ
b expð�n2Þ þ mmin expð�nÞ;

(16)

where n1 ¼ n=f1� exp½�bðmobs
max � mminÞ�g; n2 ¼ n1

exp½�bðmobs
max � mminÞ�; and E1ð	Þ denotes an exponential

integral function. The variance of estimator (Equation 16)
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has two components, epistemic and aleatory, and is of the
form

VARðm̂maxÞ ¼ s2M

þ E1ðn2Þ � E1ðn1Þ
b expð�n2Þ þ mmin expð�nÞ

	 
2
;

(17)

where sM denotes standard error in the determination of
the largest observed magnitude mobs

max.
Both above estimators ofmmax, by their nature, are very

general and have several attractive properties. They are
applicable for a very broad range of magnitude distribu-
tions. They may also be used when the exact number of
earthquakes, n, is not known. In this case, the number of
earthquakes can be replaced by lt. Such a replacement is
equivalent to the assumption that the number of earth-
quakes occurring in unit time conforms to a Poisson distri-
bution with parameter l, where t is the span of the seismic
event catalogue. It is also important to note that both esti-
mators provide a value of m̂max, which is never less than
the largest magnitude already observed.

Alternative procedures are discussed by Kijko (2004),
which are appropriate for the case when the empirical
magnitude distribution deviates from the Gutenberg-
Richter relation. These procedures assume no specific
form of the magnitude distribution or that only a few of
the largest magnitudes are known.

Despite the fact that statistical procedures based on the
mathematical formalism of extreme values provide pow-
erful tools for the evaluation of mmax, they have one weak
point: often available seismic event catalogues are too
short and insufficient to provide reliable estimations of
mmax. Therefore the Bayesian extension of statistical pro-
cedures (Cornell, 1994), allowing the inclusion of alterna-
tive and independent information such as local geological
conditions, tectonic environment, geophysical data, paleo-
seismicity, similarity with another seismic area, etc., are
able to provide more reliable assessments of mmax.

Numerical computation of PSHA
With the exception of a few special cases (Bender, 1984),
the hazard curve (Equation 7) cannot be computed analyt-
ically. For the most realistic distributions, the integrations
can only be evaluated numerically. The common practice
is to divide the possible ranges of magnitude and distance
into nM and nR intervals, respectively. The average annual
rate (Equation 4) is then estimated as

lðY > yÞ ffi
XnS
i¼1

XnM
j¼1

XnR
k¼1

liP½Y > yjmj; rk �

fMjðmjÞfRk ðrkÞDmDr;
(18)

where mj ¼ mmin þ ðj� 0:5Þ 	 ðmmax � mminÞ=nM ; rk ¼
rmin þ ðk � 0:5Þ 	 ðrmax � rminÞ=nR;Dm¼ðmmax�mminÞ=
nM ; and Dr¼ðrmax�rminÞ=nR.
If the procedure is applied to a grid of points, it will
result in a map of PSHA, in which the contours of the
expected ground motion parameter during the specified
time interval can be drawn (Figure 3).

Deaggregation of seismic hazard
By definition, the PSHA aggregates groundmotion contri-
butions from earthquake magnitudes and distances of sig-
nificance to a site of engineering interest. One has to note
that the PSHA results are not representative of a single
earthquake. However, an integral part of the design proce-
dure of any critical structure is the analysis of the most
relevant earthquake acceleration time series, which are
generated by earthquakes, at specific magnitudes and
distances. Such earthquakes are called “controlling earth-
quakes,” and they are used to determine the shapes of
the response spectral acceleration or PGA at the site.

Controlling earthquakes are characterized by mean
magnitudes and distances derived from so-called
deaggregation analysis. During the deaggregation proce-
dure, the results of PSHA are separated to determine the
dominant magnitudes and the distances that contribute to
the hazard curve at a specified (reference) probability.
Controlling earthquakes are calculated for different struc-
tural frequency vibrations, typically for the fundamental
frequency of a structure. In the process of deaggregation,
the hazard for a reference probability of exceedance of
specified ground motion is portioned into magnitude and
distance bins. The relative contribution to the hazard for
each bin is calculated. The bins with the largest relative
contribution identify those earthquakes that contribute
the most to the total seismic hazard.

Some modifications of Cornell–McGuire PSHA
procedure and alternative models
Source-free PSHA procedures
The concept of seismic sources is the core element of the
Cornell–McGuire PSHA procedure. Unfortunately, seis-
mic sources or specific faults can often not be identified
and mapped and the causes of seismicity are not under-
stood. In these cases, the delineation of seismic sources
is highly subjective and is a matter of expert opinion. In
addition, often, seismicity within the seismic sources is
not distributed uniformly, as it is required by the classic
Cornell–McGuire procedure. The difficulties experienced
in dealing with seismic sources have stimulated the devel-
opment of an alternative technique to PSHA, which is free
from delineation of seismic sources.

One of the first attempts to develop an alternative to the
Cornell–McGuire procedure was made by Veneziano
et al. (1984). Indeed, the procedure does not require the
specification of seismic sources, is non-parametric, and,
as input, requires only information about past seismicity.
The empirical distribution of the specified seismic hazard
parameter is calculated by using the observed earthquake
magnitudes, epicentral distances, and assumed ground
motion prediction equation. By normalizing this
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distribution for the duration of the seismic event cata-
logue, one obtains an annual rate of the exceedance for
the required hazard parameter.

Another non-parametric PSHA procedure has been
developed by Woo (1996). The procedure is also source-
free, where seismicity distributions are approximated by
data-based kernel functions. Comparison of the classic
Cornell–McGuire-based and kernel-based procedures
shows that the former yields a lower hazard.

By their nature, the non-parametric procedures work
well in areas with a frequent occurrence of strong seismic
events and where the record of past seismicity is consider-
ably complete. At the same time, the non-parametric
approach has significant weak points. Its primary disad-
vantage is a poor reliability in estimating small probabili-
ties for areas of low seismicity. The procedure is not
recommended for an area where the seismic event cata-
logues are highly incomplete. In addition, in its present
form, the procedure is not capable of making use of any
additional geophysical or geological information to sup-
plement the pure seismological data. Therefore,
a technique that accommodates the incompleteness of the
seismic event catalogues and, at the same time, does not
require the specification of seismic sources, would be an
ideal tool for analyzing and assessing seismic hazard.

Such a technique, which can be classified as
a parametric-historic procedure for PSHA has been suc-
cessfully used in several parts of the world. Kijko (2008)
used it for mapping seismic hazard of South Africa and
sub-Saharan Africa. The procedure has been applied in
selected parts of the world by the Global Seismic Hazard
Assessment Program (GSHAP, Giardini, 1999), while
Petersen et al. (2008) applied it for mapping the seismic
hazard in the USA. In a series of papers, Frankel and his
colleagues modified and substantially extended the origi-
nal procedure. Their final approach is parametric and
based on the assumption that earthquakes within
a specified grid size are Poissonian in time, and that the
earthquake magnitudes follow the Gutenberg–Richter
relation truncated from the top by maximum possible
earthquake magnitude mmax.

In some cases, the frequency-magnitude Gutenberg–
Richter relation is extended by characteristic events. The
procedure accepts the contribution of seismicity from active
faults and compensates for incompleteness of seismic event
catalogues. Frankel’s conceptually simple and intuitive
parametric-historic approach combines the best of the
deductive and non-parametric-historic procedures and, in
many cases, is free from the disadvantages characteristic
of each of the procedures. The rigorous mathematical foun-
dations of the parametric-historic PSHA procedure have
been given by Kijko and Graham (1999).
Alternative earthquake recurrence models
Time-dependent models. In addition to the classic assump-
tion, that earthquake occurrence in time follows a Poisson
process, alternative approaches are occasionally used.
These procedures attempt to assess temporal, or temporal
and spatial dependence of seismicity. Time-dependent
earthquake occurrence models specify a distribution of
the time to the next earthquake, where this distribution
depends on the magnitude of the most recent earthquake.
In order to incorporate the memory of past events, the
non-Poissonian distributions or Markov chains are
applied. In this approach, the seismogenic zones that
recently produced strong earthquakes become less hazard-
ous than those that did not rupture in recent history.

Clearly such models may result in a more realistic
PSHA, but most of them are still only research tools and
have not yet reached the level of development required
by routine engineering applications.

Time-dependent occurrence of large earthquakes on
segments of active faults is extensively discussed by
Rhoades et al. (1994) and Ogata (1999) Also,
a comprehensive review of all aspects of non-Poissonian
models is provided by Kramer (1996). There are several
time-dependent models which play an important role in
PSHA. The best known models, which have both firm
physical and empirical bases, are probably the models by
Shimazaki and Nakata (1980). Based on the correlation
of seismic activity with earthquake-related coastal uplift
in Japan, Shimazaki and Nakata (1980) proposed two
models of earthquake occurrence: a time-predictable and
a slip-predictable.

The time-predictable model states that earthquakes
occur when accumulated stress on a fault reaches
a critical level; however, the stress drop and magnitudes
of the subsequent earthquakes vary among seismic cycles.
Thus, assuming a constant fault-slip rate, the time to the
next earthquake can be estimated from the slip of the pre-
vious earthquake. The second, the slip-predictable model,
is based on the assumption that, irrespective of the initial
stress on the fault, an earthquake occurrence always
causes a reduction in stress to the same level. Thus, the
fault-slip in the next earthquake can be estimated from
the time since the previous earthquake.

The second group of time-dependent models are less
tightly based on the physical considerations of earthquake
occurrence and attempt to describe intervals between the
consecutive events by specified statistical distributions.
Ogata (1999) considers five models: log-normal, gamma,
Weibull, doubly exponential and exponential, which
results in the stationary Poisson process. After application
of these models to several paleo-earthquake data sets, he
concluded that no one of the distributions is consistently
the best fit; the quality of the fit strongly depends on the
data. From several attempts to describe earthquake time
intervals between consecutive events using statistical dis-
tributions, at least two play a significant role in the current
practice of PSHA: the log-normal and the Brownian pas-
sage time (BPT) renewal model.

The use of a log-normal model is justified by the dis-
covery that normalized intervals between the consecutive
large earthquakes in the circum-Pacific region follow
a log-normal distribution with an almost constant standard
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deviation (Nishenko and Buland, 1987). The finite value
for the intrinsic standard deviation is important because
it controls the degree of aperiodicity in the occurrence of
characteristic earthquakes, making accurate earthquake
prediction impossible. Since this discovery, the log-
normal model has become a key component of most
time-dependent PSHA procedures and is routinely used
by theWorking Group on California Earthquake Probabil-
ities (WGCEP, 1995).

A time-dependent earthquake occurrence model which
is applied more often is the Brownian passage time (BPT)
distribution, also known as the inverse Gaussian distribu-
tion (Matthews et al., 2002). The model is described by
two parameters: m and s, which, respectively, represent
the mean time interval between the consecutive earth-
quakes and the standard deviation. The aperiodicity of
earthquake occurrence is controlled by the variation coef-
ficient a ¼ s=m. For a small a, the aperiodicity of earth-
quake occurrence is small and the shape of distribution
is almost symmetrical. For a large a, the shape of distribu-
tion is similar to log-normal model, i.e., skewed to the
right and peaked at a smaller value than the mean. The
straightforward control of aperiodicity of earthquake
occurrence, by parameter a, makes the BPT model very
attractive. It has been used to model earthquake occur-
rence in many parts of the world and has been applied
by theWorking Group on California Earthquake Probabil-
ities (WGCEP, 1995).

Comparison of time-dependent with time-independent
earthquake occurrence models have shown that the time-
independent (Poissonian) model can be used for most
engineering computations of PSHA. The exception to this
rule is when the seismic hazard is dominated by a single
seismic source, with a significant component of character-
istic occurrence when the time interval from the last
earthquake exceeds the mean time interval between con-
secutive events. Note that, in most cases, the information
on strong seismic events provided by current databases
is insufficient to distinguish between different models.
The use of non-Poissonian models will therefore only be
justified if more data will be available.

Alternative frequency-magnitude models. In the classic
Cornell–McGuire procedure for PSHA assessment, it
is assumed that earthquake magnitudes follows the
Gutenberg–Richter relation truncated from the top by
a seismic source characteristic, the maximum possible
earthquake magnitude mmax. The PDF of this distribution
is given by Equation 5.

Despite the fact that in many cases the Gutenberg–
Richter relation describes magnitude distributions within
seismic source zones sufficiently well, there are some
instances where it does not apply. In many places,
especially for areas of seismic belts and large faults, the
Gutenberg–Richter relation underestimates the occurrence
of large magnitudes. The continuity of the distribution
(Equation 5) breaks down. The distribution is adequate only
for small events up to magnitude 6.0–7.0. Larger events
tend to occurwithin a relatively narrow range ofmagnitudes
(7.5–8.0), but with a frequency higher than that predicted
by the Gutenberg–Richter relation. These events are known
as characteristic earthquakes (Youngs and Coppersmith,
1985, Figure 4). Often it is assumed that characteristic
events follow a truncated Gaussian magnitude distribution
(WGCEP, 1995).

There are several alternative frequency-magnitude rela-
tions that are used in PSHA. The best known is probably
the relation by Merz and Cornell (1973), which accounts
for a possible curvature in the log-frequency-magnitude
relation (1) by the inclusion of a quadratic term of magni-
tude. Departure from linearity of the distribution
(Equation 1) is built into the model by Lomnitz-Adler
and Lomnitz (1979). The model is based on simple phys-
ical considerations of strain accumulation and release at
plate boundaries. Despite the fact that mmax is not present
in the model, it provides estimates of the occurrence of
large events which are more realistic than those predicted
by the Gutenberg–Richter relation (1). When seismic haz-
ard is caused by induced seismicity, an alternative distri-
bution to the Gutenberg–Richter model (1) is always
required. For example, the magnitude distributions of
tremors generated by mining activity are multimodal and
change their shape in time (Gibowicz and Kijko, 1994).
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Often, the only possible method that can lead to
a successful PSHA for mining areas is the replacement
of the analytical, parametric frequency-magnitude distri-
bution by its model-free, non-parametric counterpart
(Kijko et al., 2001).

Two more modifications of the recurrence models are
regularly introduced: one when earthquake magnitudes
are uncertain and the other when the seismic occurrence
process is composed of temporal trends, cycles, short-term
oscillations, and pure random fluctuations. The effect of
error in earthquake magnitude determination (especially
significant for historic events) can be minimized by the
simple procedure of correction of the earthquake magni-
tudes in a catalogue (e.g., Rhoades, 1996). The modelling
of random fluctuations in earthquake occurrence is often
done by introducing compound distributions in which
parameters of earthquake recurrence models are treated
as random variables (Campbell, 1982).

Ground motion prediction equations
The assessment of seismic hazard at a site requires knowl-
edge of the prediction equation of the particular strong
motion parameter, as a function of distance, earthquake
magnitude, faulting mechanism, and often the local site
condition below the site. The most simple and most com-
monly used form of a prediction equation is

lnðyÞ ¼ c1 � c2m� c3 lnðrÞ � c4r þ c5F þ c6S þ e;

(19)

where y is the amplitude of the ground motion parameter
(PGA, MM intensity, seismic record duration, spectral
acceleration, etc.); m is the earthquake magnitude; r is
the shortest earthquake distance from the site to the earth-
quake source; F is responsible for the faulting mechanism;
S is a term describing the site effect; and Eis the random
error with zero mean and standard deviation slnðyÞ, which
has two components: epistemic and aleatory.

The coefficients c1; :::; c6 are estimated by the least
squares or maximum likelihood procedure, using
strong motion data. It has been found that the coefficients
depend on the tectonic settings of the site. They are
different for sites within stable continental regions, active
tectonic regions, or subduction zone environments.
Assuming that ln(y) has a normal distribution, regression
of (Equation 19) provides the mean value of ln(y),
the exponent of which corresponds to the median value
of y,

^
y. Since the log-normal distribution is positively

skewed, the mean value of y, �y, exceeds the median value
^
y by a factor of expð�0:5s2lnðyÞÞ: This indicates that
the seismic hazard for a particular site is higher when
expressed in terms of �y, than the hazard for the same
site expressed in terms of

^
y. It has been shown that the

ground motion prediction equation remains a particularly
important component of PSHA since its uncertainty is
a major contributor to uncertainty of the PSHA results
(SSHAC, 1997).
Uncertainties in PSHA
Contemporary PSHA distinguishes between two types of
uncertainties: aleatory and epistemic.

The aleatory uncertainty is due to randomness in
nature; it is the probabilistic uncertainty inherent in any
random phenomenon. It represents unique details of any
earthquake as its source, path, and site and cannot be quan-
tified before the earthquake occurrence and cannot be
reduced by current theories, acquiring addition data or
information. It is sometimes referred as “randomness,”
“stochastic uncertainty,” or “inherent variability”
(SSHAC, 1997) and is denoted as UR (McGuire, 2004).
The typical examples of aleatory uncertainties are: the
number of future earthquakes in a specified area; parame-
ters of future earthquakes such as origin times, epicenter
coordinates, depths and their magnitudes; size of the fault
rupture; associated stress drop and ground motion param-
eters like PGA, displacement or seismic record duration at
the given site. The aleatory uncertainties are characteristic
to the current model and cannot be reduced by the incorpo-
ration of addition data. It can only be reduced by the con-
ceptualization of a better model.

The epistemic uncertainty, denoted as UK is the uncer-
tainty due to insufficient knowledge about the model
or its parameters. The model (in the broad sense of its
meaning; as, e.g., a particular statistical distribution)
may be approximate and inexact, and therefore predicts
values that differ from the observed values by a fixed,
but unknown, amount. If uncertainties are associated
with numerical values of the parameters, they are also
epistemic by nature. Epistemic uncertainty can be
reduced by incorporating additional information or data.
Epistemic distributions of a model’s parameters can be
updated using the Bayes’ theorem.When new information
about parameters is significant and accurate, these
epistemic distributions of parameters become delta
functions about the exact numerical values of the parame-
ters. In such a case, no epistemic uncertainty about the
numerical values of the parameters exists and the only
remaining uncertainty in the problem is aleatory
uncertainty.

In the past, epistemic uncertainty has been known as
statistical or professional uncertainty. The examples of
the epistemic uncertainties are: boundaries of seismic
sources, distributions of seismic sources parameters
(e.g., annual rate of seismic activity l, b-value and mmax),
or median value of the ground motion parameter given the
source properties.

Aleatory uncertainties are included in the PSHA by
means of integration (Equation 5) and they are represented
by the hazard curve. In contrast, epistemic uncertainties
are included through the use of an alternative hypothesis –
different sets of parameters with different numerical values,
different models, or through a logic tree. Therefore, by
default, if in the process of PSHA, the logic tree formalism
is applied, the resulting uncertainties of the hazard curve are
of epistemic nature.
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The major benefit of the separation of uncertainties into
aleatory and epistemic is potential guidance in the prepa-
ration of input for PSHA and the interpretation of the
results. Unfortunately, the division of uncertainties into
aleatory and epistemic is model dependent and to a large
extent arbitrary, indefinite, and confusing (Panel of Seismic
Hazard Evaluation, 1997).

Logic tree
The mathematical formalism of PSHA computation,
(Equations 7 and 9), integrates over all random (aleatory)
uncertainties of a particular seismic hazard model. In
many cases, however, because of our lack of understand-
ing of the mechanism that controls earthquake generation
and wave propagation processes, the best choices for ele-
ments of the seismic hazard model is not clear. The uncer-
tainty may originate from the choice of alternative seismic
sources, competitive earthquake recurrence models and
their parameters, as well as from the choice of the most
appropriate ground motion. The standard approach for
the explicit treatment of alternative hypotheses, models,
and parameters is the use of a logic tree. The logic tree for-
malism provides a convenient tool for quantitative treat-
ment of any alternatives. Each node of the logic tree
Attenuation
model

Attenuation
model 1
p = 0.5

Attenuation
model 2
p = 0.5

Seismic Hazard, Figure 5 An example of a simple logic tree. The a
attenuation relation, magnitude distribution model, and the assign
(Figure 5) represents uncertain assumptions, models, or
parameters, and the branches extending from each node
are the discrete uncertainty alternatives.

In the logic tree analysis, each branch is weighted
according to its probability of being correct. As a result,
each end branch represents a hazard curve with an
assigned weight, where the sum of weights of all the haz-
ard curves is equal to 1. The derived hazard curves are thus
used to compute the final (e.g., mean) hazard curve and
their confidence intervals. An example of a logic tree is
shown in Figure 5. The alternative hypotheses account
for uncertainty in the ground motion attenuation model,
the magnitude distribution model and the assigned maxi-
mum magnitude mmax.

Controversy
Despite the fact that the PSHA procedure, as we know it in
its current form, was formulated almost half of century
ago, it is not without controversy. The controversy sur-
rounds questions such as: (1) the absence of the upper
limit of ground motion parameters, (2) division of uncer-
tainties between aleatory and epistemic, and (3) methodol-
ogy itself, especially the application of the logic tree
formalism.
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In most currently used Cornell–McGuire-based PSHA
procedures, the ground motion parameter used to describe
the seismic hazard is distributed log-normally. Since the
log-normal distribution is unlimited from the top, it results
in a nonzero probability of unrealistically high values for
the ground motion parameter, e.g., PGA � 20g, obtained
originally from a PSHA for a nuclear-waste repository at
Yucca Mountain in the USA (Corradini, 2003). The lack
of the upper bound of earthquake-generated ground
motion in current hazard assessment procedures has been
identified as the “missing piece” of the PSHA procedure
(Bommer et al., 2004).

Another criticism of the current PSHA procedure con-
cerns portioning of uncertainties into aleatory and episte-
mic. As noted in the section (Uncertainties in PSHA)
above, the division between aleatory and epistemic uncer-
tainty remains an open issue.

A different criticism comes from the ergodic assump-
tions which underlie the formalism of the PSHA proce-
dure. The ergodic process is a random process in which
the distribution of a random variable in space is the same
as distribution of that variable at a single point when sam-
pled as a function of time (Anderson and Brune, 1999). It
has been shown that the major contribution to PSHA
uncertainty comes from uncertainty of the ground motion
prediction equation. The uncertainty of the ground motion
parameter y, is characterized by its standard deviation,
slnðyÞ, which is calculated as the misfit between the
observed and predicted ground motions at several seismic
stations for a small number of recorded earthquakes.

Thus, slnðyÞ mainly characterizes the spatial and not the
temporal uncertainty of ground motion at a single point.
This violates the ergodic assumption of the PSHA proce-
dure. According to Anderson and Brune (1999), such
violation leads to overestimation of seismic hazard, espe-
cially when exposure times are longer than earthquake
return times. In addition, Anderson et al. (2000) shows
that high-frequency PGAs observed at short distances do
not increase as fast as predicted by most ground motion
relations. Therefore, the use of the current ground motion
prediction equations, especially relating to seismicity
recorded at short distances, results in overestimation of
the seismic hazard.

A similar view has been expressed by Wang and Zhou
(2007) and Wang (2009). Inter alia, they argue that in the
Cornell–McGuire-based PSHA procedure, the ground
motion variability is not treated correctly. By definition,
the ground motion variability is implicitly or explicitly
dependent on earthquake magnitude and distance; how-
ever, the current PSHA procedure treats it as an indepen-
dent random variable. The incorrect treatment of ground
motion variability results in variability in earthquake mag-
nitudes and distance being counted twice. They conclude
that the current PSHA is not consistent with modern earth-
quake science, is mathematically invalid, can lead to unre-
alistic hazard estimates, and causes confusion. Similar
reservations have been expressed in a series of papers by
Klügel (Klügel, 2007 and references therein).
Equally strong criticism of the currently PSHA proce-
dure has been expressed by Castanos and Lomnitz
(2002). The main target of their criticism is the logic tree,
the key component of the PSHA. They describe the appli-
cation of the logic tree formalism as a misunderstanding in
probability and statistics, since it is fundamentally wrong
to admit “expert opinion as evidence on the same level
as hard earthquake data.”

The science of seismic hazard assessment is thus sub-
ject to much debate, especially in the realms where instru-
mental records of strong earthquakes are missing. At this
time, PSHA represents a best-effort approach by our spe-
cies to quantify an issue where not enough is known to
provide definitive results, and by many estimations
a great deal more time and measurement will be needed
before these issues can be resolved.

Further reading: There are several excellent studies that
describe all aspects of the modern PSHA.McGuire (2008)
traces the intriguing historical development of PSHA.
Hanks and Cornell (1999), and Field (1995) present an
entertaining and unconventional summary of the issues
related to PSHA, including its misinterpretation. Reiter
(1990) comprehensively describes both the deterministic
as well as probabilistic seismic hazard procedures from
several points of view, including a regulatory perspective.
Seismic hazard from the geologist’s perspective is
described in the book by Yeats et al. (1997). Kramer
(1996) provides an elegant, coherent, and understandable
description of the mathematical aspects of both DSHA
and PSHA. Anderson et al. (2000), Gupta (2002), and
Thenhaus and Campbell (2003) present excellent over-
views covering theoretical, methodological, as well as
procedural issues of modern PSHA. Finally, the most
comprehensive treatment to date of all aspects of PSHA,
including treatment of aleatory and epistemic uncer-
tainties, is provided by the SSHAC – Senior Seismic
Hazard Committee (1997) – report and in book form by
McGuire (2004). The presentations here benefited from
all quoted above sources, especially the excellent book
by Kramer (1996).
Summary
Seismic hazard is a term referring to any physical phenom-
ena associated with an earthquake (e.g., ground motion,
ground failure, liquefaction, and tsunami) and their effects
on land, man-made structures, and socioeconomic systems
that have the potential to produce a loss. The term is also
used, without regard to a loss, to indicate the probable
level of ground shaking occurring at a given point within
a certain period of time. Seismic hazard analysis is an
expression referring to quantification of the expected
ground motion at the particular site. Seismic hazard analy-
sis can be performed deterministically, when a particular
earthquake scenario is considered, or probabilistically,
when the likelihood or frequency of a specified level of
ground motion at a site during a specified exposure time
is evaluated. In principle, any natural hazard caused by
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seismic activity can be described and quantified in terms of
the probabilistic methodology. Classic probabilistic seis-
mic hazard analysis (PSHA) includes four steps: (1) identi-
fication and parameterization of the seismic sources,
(2) specification of temporal and magnitude distributions
of earthquake occurrence, (3) calculation of ground
motion prediction equations and their uncertainty, and
(4) integration of uncertainties in earthquake location,
earthquake magnitude, and ground motion prediction
equations into the hazard curve.

An integral part of PSHA is the assessment of uncer-
tainties. Contemporary PSHA distinguishes between two
types of uncertainties: aleatory and epistemic. The alea-
tory uncertainty is due to randomness in nature; it is the
probabilistic uncertainty inherent in any random phenom-
enon. The aleatory uncertainties are characteristic to the
current model and cannot be reduced by the incorporation
of addition data. The epistemic uncertainty is the uncer-
tainty due to insufficient knowledge about the model or
its parameters. Epistemic uncertainty can be reduced by
incorporating additional information or data. Aleatory
uncertainties are included in the probabilistic seismic haz-
ard analysis due to the integration over these uncertainties,
and they are represented by the hazard curve. In contrast,
epistemic uncertainties are included through the use of
alternative models, different sets of parameters with differ-
ent numerical values or through a logic tree.

Unfortunately, the PSHA procedure, as we know it in
its current form, is not without controversy. The contro-
versy arises from questions such as: (1) the absence of
the upper limit of ground motion parameter, (2) division
of uncertainties between aleatory and epistemic, and
(3) methodology itself, especially the application of the
logic tree formalism.
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Definition
Seismic imaging or tomography (tomo = slice and graph =
picture) is a procedure for estimating the earth’s rock
parameters from seismic data. These rock parameters can
be represented by the spatial distribution of, e.g., P-wave
velocity, S-wave velocity, porosity, density, or anisotropic
parameters. The result of inversion is graphically
presented as a 2-D or 3-D grid of pixels, where each pixel
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contains the value of the model parameter of interest,
which is P velocity in Figure 1g–h. Such tomograms are
used to estimate the geometry and lithology of geologic
layers, and can help exploration geophysicists and earth-
quake seismologists understand the evolution of the
earth’s interior.

There are five main types of seismic imaging: seismic
migration, least squares migration, full waveform inver-
sion (FWI), phase-like inversion, and migration velocity
analysis. Four of these methods can be derived as special
cases of finding the optimal model that minimizes
a waveform or a phase-related misfit function. This entry
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Inversion theory
There are four steps to inverting for the model m from
seismic data d. We will assume that the input data are
either seismic traces, generated by man-made or earth-
quake sources, or some skeletonized part of the traces,
such as first arrival traveltimes or the phase of an event
at some frequency.
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Step 1: L(m) = d. Establish the mathematical relation-
ship L(m) = d between the seismic data d and model m.

d ¼ LðmÞ; (1)

where L represents the forward modeling operator for the
actual model. Equations A1–A3 in Table 1 show the three
steps in establishing a linearized version of Equation 1 for
the acoustic wave equation, where the extensions to the
elastic (Mora, 1987) and anisotropic (Barnes et al., 2008;
Operto et al., 2009) wave equations are tedious but
straightforward.

Step 2: Discretizem, d, and L. Discretize the 3D earth
model into a 3D grid of N physical parameters (e.g.,
unknown slowness in each cell) and assemble the
unknowns into the N � 1 vectorm. Discretize the seismic
traces in both space and time (or frequency) into anM� 1
vector d of data measurements. In this case, L reduces to
a M � N matrix. The forward modeling for FWI requires
knowledge of the source wavelet, which can be estimated
in a variety of ways: stacking of the direct arrival at differ-
ent near-offset hydrophones in marine data, iterative
inversion of the source wavelet (Mora, 1987; Zhou et al.,
1997; Pratt, 1999), or deconvolution of the shot gather
with a time-windowed near-offset trace (Sheng, personal
communication). The time window can be a few periods
long centered about the direct arrival.

Step 3. Linearize Ldm � dd. Linearize the nonlinear
relationship between the data and model. Expanding the
ith data measurement di(m) to first order in dm by
a Taylor series about a first-guess model mo (close to the
true model) gives the linearized estimate:
Seismic Imaging, Overview, Table 1 Symbols and specific form
slowness distribution ds(x), where ds(x) is assumed to be small co
harmonic pressure field is denoted by p(x|s) for a source localized
given by G(x|s) for a point source at s and observer at x. The sou
the body force term localized about the point s is denoted by f(x
at g for a source at s is denoted as t(g|s) (t(g|s)obs.); and e = ||d �
Symbol

(A1) Helmholtz equation: A d;mð Þ ¼ f

(A2) Linearized Helmholtz equation: dA d;mð Þ ¼ 0

(A3) Lippmann–Schwinger equation with Born approx.: dd ¼ Ldm

(A4) Jacobian or wavepath function: dd=dm
(A5) Misfit gradient or reverse time migration or Ly Ldm� dd½ �: de=d

(A6) Least squares migration or linearized inversion: mðkÞ � de=dm

(A7) Waveform inversion: mðkÞ � de=dm

(A8) Wave equation traveltime inversion: mðkÞ � de=dm
di mð Þ � di moð Þ þ
X
j

ddi moð Þ
dmj

dmj ! ddi mð Þ

¼
X
j

@di moð Þ @mj

�� zfflfflfflfflfflfflfflfflfflfflffl}|fflfflfflfflfflfflfflfflfflfflffl{wavepath function

dmj;

(2)

or in matrix-vector notation

dd ¼ Ldm: (3)

Here, @d ðm Þ=@m ¼ lim ½d ðm þ ĵDm Þ�
i o j Dmj!0 i o j
diðmoÞ�=Dmj is the Fréchet derivative with respect to
the jth parameter; the data residual ddi = [di(m) � di(mo)]
is the difference between the ith components of the
predicted data vector d(mo) and the observed data vector
d(m); and ĵ is the jth unit vector in the finite-dimensional
model space. The model perturbation dm =m�mo is the
difference between the actual model m and the guessed
model mo, and L is now interpreted as the Jacobian
matrix. Its elements [L]ij = @di(mo)/@mj determine the
sensitivity of the data to the perturbations in the model.
For a windowed arrival, the Jacobian plots out in model
space as a wavepath for a single source-receiver pair
(Woodward, 1992; Luo, 1992; Dahlen et al., 2002;
Marquering et al., 2002; Montelli et al., 2004; van der
Hilst and de Hoop, 2006; Xu and Xie, 2009); and the
velocity variations within its first Fresnel zone mostly
influence the event of interest. Equation A3 shows that
the linearized equations take the form of the Born
approximation (Stolt and Benson, 1986) to the
ulas for inverting the Helmholtz equation for the perturbed
mpared to the background slowness model s(x). The
about s, and the Green’s function for the Helmholtz equation is
rce wavelet spectrum is W(o) at the angular frequency o and
|s). The predicted (observed) traveltime of an event received
dobs.||2 is the misfit function for waveform inversion

Mathematical formula

ðH2 þ o2s xð Þ2Þp xjsð Þ ¼ f xjsð Þ
m ! s xð Þ; d ! p xjsð Þ
H2 þ o2s xð Þ2
� �

dp xjsð Þ ¼ �2o2s xð Þds xð Þp xjsð Þ
dm ! ds xð Þ; dd ! dp xjsð Þ
dp gjsð Þ ¼ �2o2

R
G gjxð Þs xð Þds xð ÞW oð ÞG xjsð Þdx3

where p(x|s) = W(o)G(x|s)

dp gjsð Þ=ds xð Þ ¼ �2s xð Þo2W oð ÞG gjxð ÞG xjsð Þ
m de=ds xð Þ ¼ g

R
G gjxð Þ�Dd gjsð ÞG xjsð Þ�dgds

where g ¼ �2o2s xð ÞW oð Þ
and Dd gjsð Þ ¼ p gjsð Þ � p gjsð Þobs:
m xð ÞðkÞ � g

R
G gjxð Þ�Dd gjsð ÞðkÞG xjsð Þ�dgds

m xð ÞðkÞ � g
R
GðkÞ gjxð Þ�Dd gjsð ÞðkÞGðkÞ xjsð Þ�dgds

m xð ÞðkÞ � g
R
GðkÞ gjxð Þ�Dd gjsð ÞðkÞGðkÞ xjsð Þ�dgds

where Dd gjsð Þ � p gjsð Þobs: t gjsð Þ � t gjsð Þobs:
� �
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Lippmann–Schwinger equation, and its kernel is the Jaco-
bian given by Equation A4.

For a single source and a single receiver in a smoothly
increasing velocity medium, Equation A4 plots out as
a curved “fat” ray (trace a ray that connects the source
and receiver and honors Snell’s law. Surround this ray
with a “fat finite-frequency ray” such that the propagation
of events from the source to receiver within the “fat” ray
differs in traveltime by no more than 1/2 the period of
the source wavelet. This fat ray region is that portion of
the earth which mostly influences the traveltime of the
event of interest) that connects the source and receiver
points. This fat ray is denoted as a wavepath byWoodward
(1992) and forms the basis of finite-frequency traveltime
tomography. There seems to be a general (Montelli et al.,
2004), but not a universal (van der Hilst and de Hoop,
2006), agreement that finite-frequency tomography can
be superior to that of ray-based tomography. As an exam-
ple, earthquake seismologists use these wavepaths
(renamed as banana-doughnuts) with finite-frequency
tomography to invert earthquake traveltimes and surface
wave data for deep mantle velocity variations attributed
to, for example, ascending plumes of rocks (Dahlen
et al., 2002;Marquering et al., 2002;Montelli et al., 2006).

Step 4: Solve Ldm = dd by an iterative gradient
method. Equation 3 is typically an overdetermined, incon-
sistent, and poorly conditioned system of equations.
Therefore, the solution we seek is the one that minimizes
the sum of the data misfit jjLm� djj2K and model penalty
l2jjCmjj2W functions in the K and W norms (Clinthorne
et al., 1993):

e ¼ 1
2
jjLdm� ddjj2K þ l2

2
jjCdmjj2W : (4)

where jjLdm� ddjj2K ¼ ðLdm� ddÞyKðLdm� ddÞ and
K is sometimes taken as the inverse of the data covariance
matrix (Tarantola, 1987) that is real and symmetric. The
penalty function (also known as the regularization term)
is defined as jjdCmjj2W ¼ ðCmÞyWðCmÞ, where the real
symmetric matrix W might strongly weight certain
regions in the model because they mostly influence
the data. The matrix C might be a spatial second-
derivative operator in one or several directions so as to
encourage solutions with smoothly varying model param-
eters along selected directions.

A simplified steepest descent solution for the ith model
parameter mi is given by

mðkþ1Þ
i ¼ mðkÞ

i � a
de
dmi

z}|{gradient Equation A5

! mðkþ1Þ

¼ mðkÞ � aLyddðkÞ
zfflfflfflfflffl}|fflfflfflfflffl{migration of data residual

;

(5)

where l = 0; K = I; a is the step length; and
preconditioning is used (Beydoun and Mendes, 1989;
Clinthorne et al., 1993; Causse et al., 1995) to accelerate
convergence. A sequence of models is generated until
the data residual falls below some acceptable level. In
practice, a preconditioned conjugate gradient method
(Mora, 1987; Luo and Schuster, 1991; Epanomeritakis
et al., 2008), a Gauss-Newton Krylov solver (Erlangga
and Hermann, 2009), or a limited memory quasi-Newton
method (Pratt et al., 1998; Plessix, 2006) for different
implementations of the adjoint method (Plessix, 2009) is
implemented; and sometimes a direct matrix solver is used
to find the Hessian inverse if the problem size is small
enough (Pratt and Goulty, 1991). Approximations to the
Hessian by a systematic procedure can be found in Thierry
et al. (1999). There is strong evidence (Crase et al., 1990;
Brossier et al., 2010) that using the L1 norm misfit func-
tion is noticeably more resistant to data noise than the L2
norm misfit function, and the combination of the two is
sometimes the best choice.
Five types of seismic imaging methods
Five types of seismic imaging methods and their resolu-
tion properties will be discussed (there are many seismic
inversion methods, but the five types discussed here are
often used in the geophysical community): migration
(modest resolution of reflectivity), least squares migration
(high resolution of reflectivity), full waveform inversion
(high resolution of velocity), phase-like inversion (modest
resolution of velocity), and migration velocity analysis
(modest resolution of velocity). The high-resolution
methods typically pay the price of increased computa-
tional cost and decreased robustness, compared to the
moderate-resolution methods with relatively low cost
and desirable robustness. For reflection migration and
inversion, the spatial resolution limits are approximately
defined by a generalized Radon transform analysis
(Beylkin et al., 1985); and the resolution limits for ray-
based transmission tomography (Williamson, 1991) can
be estimated by considering the width of the transmission
Fresnel zone.

Migration is the first iterate solution of Equation 5, and
least squares migration, sometimes known as linearized
inversion, is the final iterative solution where the operator
L is not updated after each iteration; also,m(x) represents
the reflectivity model at the position x. In contrast to
migration, the waveform inversion tomogram is the final
iterative solution, where the velocity model m and L
are updated after every iteration; waveform inversion
falls under the class of nonlinear optimization methods.
It can be shown under certain assumptions that waveform
inversion reduces to either wave equation traveltime
tomography (Luo and Schuster, 1991) or ray-based
tomography. These last two methods are classified as
phase-like inversion methods. Unlike minimizing the data
misfit function in Equation 4, migration velocity analysis
updates the velocity model to minimize a model misfit
function, which is the normed difference between the
predicted migration image and the actual migration image
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in the, e.g., common image gather. Convergence problems
associated with local minima in the misfit function are
reduced by emphasizing flatness in the CIG misfit func-
tion (Symes and Carazone, 1991; Shen et al., 1993).

Migration
If the starting model is a smoothly varying velocity distri-
bution that only generates the accurate first arrival, then
the input data d� d(0) residual becomes the scattered data.
In this case the desired model is the reflectivity distribu-
tion, which is similar to the slowness perturbation function
ds(x), and the background velocity model is the inverse of
slowness s(x). If a finite-difference solution to the wave
equation, for example, is used to calculate G(x|s) and
G(g|x) in Equation A5, then the first model update dm(1)

in Equation 5 is known as the reverse time migration
image (Whitmore, 1983; McMechan, 1983). If a one-
way wave equation method is used to generate the Green’s
function, then the migrationmethod is a phase-shift or FX-
type algorithm (Stolt and Benson, 1986; Claerbout, 1992;
Etgen et al., 2009). A diffraction-stack migration method
results if the Green’s function is replaced by its asymptotic
approximation GðxjsÞ ¼ Aðx; sÞeiotxs (here, A(x, s)
accounts for geometric spreading losses, and txs is the first
arrival time for a ray that connects the source at s with the
observer at x. A ray-tracing method can be used to com-
pute these traveltimes for a sufficiently high frequency
and smoothly varying medium [Bleistein et al., 2001]).
An example of standard poststack migration is depicted
in Figure 1c, where the velocity model is shown in
Figure 1a. The migration image depicts the reflectivity
distribution computed by a Kirchhoff migration method
with an eikonal traveltime solver.

Seismic migration is also used to migrate teleseismic
body waves processed to form so-called receiver func-
tions. Examples include Ryberg and Weber (2000),
Sheehan et al. (2000), and also Bostock et al. (2001)
who used a ray-Born inversion approach. More recently,
Nowack et al. (2007) applied the Gaussian beam migra-
tion approach of Hill (2001) to the migration of
teleseismic body waves. Despite its widespread use and
its robustness, migration is considered to be a moderate-
resolution method because it approximates the inverse
Hessian matrix [L{L]�1 by a diagonal matrix.

Least squares migration
If the background model 1/s(x) is not updated after each
iteration (i.e., L in Equation 5 is independent of the k
index), thenm(k+1) for large k is known as the least squares
migration image (Nemeth et al., 1999; Duquet et al.,
2000). As in standard migration, the model to be itera-
tively updated is the reflectivity distribution and not the
velocity model. The iterative least squares migration
Equation A6 is interpreted as a sequence of standard
migrations, where the data residual is backprojected into
the earth model by the migration operator L{. Least
squares migration (LSM) is also known as linearized
waveform inversion (Lailly, 1984; Tarantola, 1986,
1987; Jin et al., 1992; Lambaré et al., 1992) and is superior
to standard migration by reducing migration artifacts
caused by a poor acquisition geometry; it also can provide
a spatial resolution that is more than twice (Nemeth et al.,
1999; Yu et al., 2006) that of standard migration if the
migration velocity is sufficiently accurate. Its main draw-
backs are that its effectiveness is very sensitive to the
accuracy of the migration velocity model, and it can be
more than an order of magnitude more expensive than
standard migration. (Recent developments [Dai and
Schuster, 2009] in phase-encoded migration suggest
a great reduction in the cost of LSM.) As an example,
Figure 1d depicts the LSM image obtained from zero-
offset (ZO) data, which is more accurate than the ZO stan-
dard migration image in Figure 1c. Figure 1e–f depict the
RTM and LSM RTM images obtained from the prestack
shot gathers.
Full waveform inversion
If the background model is updated after each iteration,
then Equation A7 is known as nonlinear waveform inver-
sion (Tarantola, 1987; Mora, 1987; Mora, 1989; Song
et al., 1995; and many others); a common designation
for waveform inversion is FWI or full waveform inver-
sion. Unlike LSM or standard migration, Equation A7
for FWI iteratively updates the velocity and reflectivity
models so that the final velocity image can be much
improved in both resolution and accuracy. Its main draw-
backs are a tendency to get stuck in local minima, it is
computationally expensive compared to standard migra-
tion, and there might be more than one model that can
explain the same data, i.e., a nonunique solution. For
example, elastic isotropic modeling codes can sometimes
generate predicted traces that adequately fit the observed
data, but the estimated isotropic velocity model is incon-
sistent with the actual anisotropic rocks in the real earth.

Successful examples of waveform tomography images
are shown in Figure 1g–h and were obtained from the same
shot gathers used for migration. The final tomogram shows
the velocity distribution that is almost identical to that of the
actualmodel. One of the keys to success inwaveform inver-
sion is that a good starting model is often required for an
accurate result. This starting model can be obtained by
migration velocity analysis (Stork, 1992; Jousselin et al.,
2009), reflection traveltime tomography (Langan et al.,
1985; Bishop et al., 1985; Nolet, 1987; Zelt, 2002), or
refraction tomography (Pratt and Goulty, 1991; Luo and
Schuster, 1991; Min and Shin, 2006; Sheng et al., 2006).

A major challenge to the success of waveform inver-
sion is the limited offset range between sources and
receivers and the lack of low-frequency information in
the recorded data (Sirgue and Pratt, 2004; Barnes et al.,
2008; Boonyasiriwat et al., 2009; Kelly et al., 2009). Such
deficiencies can prevent waveform inversion from
reconstructing the low wave-number parts of the model,
and sometimes prevent convergence to any type of
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reasonable model. Remedies being explored include the
possibility of recording data at much lower frequencies
with more capable recording devices, and obtaining very
wide-offset data. Other challenges address the validity of
the acoustic approximation versus the reality that the
recorded data are largely of elastic (Vigh et al., 2009) or
viscoelastic nature (Causse et al., 1999; Askan, 2006).
Elastic inversion of elastic seismograms (Mora, 1987;
Mora, 1989; Zhou et al., 1997; Brossier et al., 2009) have
been presented, but the acoustic approximation can still
provide useful results. One approach to viscoelastic inver-
sion is to invert for the acoustic velocity first, then follow
this with inversion for attenuation parameters (Kamei and
Pratt, 2008); another approach is to use a ray-based
method to invert for the attenuation factor Q and then
use this Q to correct for the attenuation in the data (Pratt
et al., 2005; Sheng et al., 2007; Boonyasiriwat et al.,
2009).

Wave equation traveltime inversion
If the data residual dd(g|s) is replaced by the traveltime
residual dt(g|s) weighted by the recorded trace d(g|s)obs.,
then this is known as wave equation traveltime (Luo
and Schuster, 1991) tomography (WT); it is a variant of
Rytov inversion (Woodward, 1992) and updates the
velocity model by smearing weighted traveltime (not
waveform) residuals over the associated wavepaths
(Woodward, 1992; Luo, 1992). In the high-frequency
limit, it reduces to ray-based traveltime tomography
(RT). The advantage of WT over RT is that it does not
require a high-frequency approximation and accounts for
the band-limited nature of waves as they propagate
through the earth. Shin et al. (2002, 2007) use
a modified logarithm norm to invert for phase data, which
bears a close relationship to the Rytov inversion method;
and Effelsen (2009) compares phase inversion to
traveltime tomography for inverting refraction events.
Figure 2 illustrates how the above seismic imaging
methods are related to one another.

The main disadvantage of WT is that it is at least an
order of magnitude more expensive than RT because it
requires a finite-difference solution of the wave equation
rather than a ray-traced approximation. Earthquake seis-
mologists often see wave equation traveltime as a major
improvement in estimating the earth’s velocity parameters
from earthquake records (Dahlen et al., 2002; Marquering
et al., 2002; Montelli et al., 2006; van der Hilst and de
Hoop, 2006).

Migration velocity analysis
The previous imaging methods can be described as esti-
mating the earth model by predicting synthetic data that
best matches the observed data in the data domain. In con-
trast, migration velocity analysis (MVA) finds the velocity
model that best flattens or focuses the migration sections
in the image domain; here, the image domain is the
migration cube in the (x, y, z) indices and some other index
s such as shot index, receiver index, source-receiver offset,
(Yilmaz and Chambers, 1984; Faye and Jeannot, 1986;
Al-Yahya, 1989; Toldi, 1989; Stork, 1992; Lafond and
Levander, 1993), common angle parameter (Xu et al.,
1998), or subsurface offset coordinate (Rickett and Sava,
2002; Sava and Biondi, 2004; Robein, 2010).

To understand why we seek a velocity model that flat-
tens events in the image domain, consider the 2D migra-
tion image m(x, z, s0) in Figure 3a obtained by migrating
one shot gather (the source is at the surface with shot index
s0). If the migration velocity is correct, then all of the
single-shot migration images should be similar in appear-
ance. This means that all of the migrated reflection events
should be flat in the common image gather (CIG) given by
m(xCIG, z, s) for all values of s, z, and a fixed value of xCIG
(see Figure 3b). Note that if the migration velocity is accu-
rate, the reflector boundary denoted by the dotted horizon-
tal line will be flat for a common image gather. If the
migration velocity is too slow, then the imaged reflector
boundary will curve upward as illustrated by the curved
dashed line, and if too fast, the imaged reflector will curve
downward.

With MVA, the goal is to find the velocity model so
that, ideally, the predicted migration image mpred:

mig: ¼
LyLM best fits the actual migration image mmig. = L{d.
The associated misfit function can be constructed so that
it is similar to that of Equation 4, except that the norm of
the migration residual

e ¼ 1
2
jjmpred:

mig: �mmig:jj2K þ l2

2
jjCmjj2W (6)

is minimized rather than the data residual; in this case, m
represents the velocity model. To find the velocity model,
we can use the unregularized steepest descent equation:

mðkþ1Þ ¼ mðkÞ � aLyLdmðkÞ
mig:

zfflfflfflfflfflfflfflffl}|fflfflfflfflfflfflfflffl{migration�modeling of migration residual

; (7)

where dmðkÞ
mig: ¼ mpred:

mig: �mmig: is the migration residual at
the kth iteration. The importance of this formula is that it
shows that the gradient term is computed by modeling
the migration residual to get the filtered data residual
LdmðkÞ

mig:, and then the velocity model is updated by
smearing this filtered (the filtered data residual is
constructed by migrating and modeling the actual data
residual; hence, it is a filtered version of the actual
data residual) data residual into the model by the migration
operation Ly½LdmðkÞ

mig:�. These filtered residuals are
smeared along wavepaths for each source-receiver pair
of traces, and the migration and modeling operators are
updated after each iteration. This leads to a moderate res-
olution of the velocity model because the filtered, not
unfiltered, data are kinematically fitted. Moreover, MVA
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Seismic Imaging, Overview, Figure 2 Three types of seismic imaging methods: phase inversion, least squares migration (LSM), and
nonlinear waveform inversion. Note that LSM is a linearized inversion so that the modeling operator L does not get updated after
each iteration. This compares to nonlinear waveform inversion which updates L after each iteration. The Lippmann–Schwinger-type
and Woodward–Roca-type integrals are displayed in Table 1, and details about various migration methods are in the Seismic
Migration section in the Encyclopedia of Solid Earth Geophysics. The traces that only contain scattered arrivals are obtained by muting
the direct arrivals; and the ensemble of these traces is symbolized by the vector dscatt.. Instead of computing the Green’s functions in
the integral equations by a finite-difference solution to the wave equation, various approximations such as ray-based Green’s
functions (Kirchhoff migration), one-way wave equation approximations (phase-shift type migration), and Gaussian Beam (beam-like
migration) are used for migration.
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is largely a curve fitting exercise that is mostly insensitive
to subtle amplitude variations in the migration traces;
ignoring such information will blind MVA to subtle varia-
tions in the impedance distribution.

To reduce computational costs and increase robustness
at the expense of reduced model resolution, MVA is some-
times implemented with the following steps:

1. Automatically pick the depth residual Dzi ¼ zi � zref :i
of a coherent CIG event in Figure 3b at the ith shot
position; here, zi is the picked depth of the targeted
reflection at the xCIG offset in the ith migrated shot
gather. The depth zref :i of the reference event for that
reflector is estimated from the near-offset trace in that
CIG. A computer algorithm can window about the
near-offset reflection of interest and use crosscor-
relation with neighboring traces in the CIG to estimate
the depth lag zi � zref :i associated with the strongest
correlation energy.

2. The misfit function is then defined as

e ¼ 1 2=
X
i

Dzið Þ2 þmodel smoothness constraints;

(8)

for each CIG and the summation is over the shot index
in Figure 3b. Sometimes the misfit function is the sum
over all CIGs.

3. The velocity model is iteratively updated by a gradient
optimization method until e is minimized.

An example of the above procedure is shown in
Figure 4, where the left column of images depict the (a)
migration image obtained with an inaccurate velocity
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point at xCIG. The migration image should only be non-zero along the interface between the brick region and open regio shown
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model, (b) the CIG with curved events, and (c) the migra-
tion velocity model. After seven iterations of MVA, the
right column of figures is obtained. Note the flat events
in the CIG, and the final velocity model is almost the same
as the actual velocity model.

The Fréchet derivative @zi
@c Xð Þ associated with the

gradient of e can be numerically computed by
using a ray-tracing scheme (Stork, 1992; Chauris et al.,
1998) to determine the change in depth zi of a migrated
reflection point with respect to a change in the velocity
parameter at x. Sometimes, the depth residual Dzi for the
ith ray is converted into a time residual Dti and, similar
to traveltime tomography, this converted time residual is
smeared along the reflection ray to iteratively update the
velocity model. For arbitrary reflector geometries in
a homogeneous media, an analytic conversion formula
was derived byAl-Yahya (1989), and a ray-tracingmethod
was used by Stork (1992) and others (Robein, 2010).

Similar to waveform inversion, MVA seeks to predict
the wiggly migration traces seen in the migration image
L{d and, therefore, can easily get stuck in the many local
minima of e. To avoid this problem, Symes and Carazone
(1991) proposed the smoother differential semblance mis-
fit function (Chauris et al., 1998; Shen et al., 2003):

e ¼ 1 2= jj
X
x; y

½g
X
z

X
h

@m x; y; z; hð Þmig:=@h
2�jj2

þ constraints:

(9)

that rewards flat events (i.e., accurate velocity models) in
the CIG domain. Here, g is a normalization term that
depends on (x, y). Empirical tests by Chauris et al.
(1998) suggest that the semblance based e is much
smoother than that in Equation 6 and is nearly devoid of
local minima in misfit function. Some links between
MVA and FWI are established in Symes (2008), and
MVA compared to several tomography methods is
presented by Le Bégat et al. (2004). The subsurface offset
domain can be exploited for MVA (Sava and Biondi,
2004) and extraction of scattering angle information
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(Rickett and Sava, 2002), and an excellent summary of
MVA research is given in Robein (2010).

In summary, the exploration community heavily favors
MVA over many other velocity estimation methods
because it is robust, efficient, and the picking of depth
residuals is easily automated in the migration image
domain. (Traveltimes picked from traces are notoriously
difficult to automate because waveforms often interfere
with one another. In comparison, migration untangles
these events and focuses them to their origin along the
reflectors so that automatic picking is easier in the CIG.
Sometimes semblance methods are used to find the best
fit hyperbolic or parabolic curve to the data [Robein,
2010].) Its chief disadvantage is that an MVA image lacks
the detailed resolution of waveform inversion, which sug-
gests that MVA should be used to estimate the starting
velocity models for waveform tomography.
Recent advances in seismic imaging
In the last 15 years, several breakthroughs have enabled
practical waveform inversion of seismic data. One of these
advances is the relentless increase in computational capa-
bilities of cluster computers and GPU-like processors, and
two others are multiscale inversion and phase-encoded
waveform inversion.
Multiscale waveform inversion
One of the main difficulties with waveform inversion is that
the misfit function is plagued by many local minima. If the
starting velocity model is moderately far from the actual
model (an erroneous velocity might be one where the
modeled events arrive by more than a period after the actual
arrivals), then the iterative gradient solution gets stuck there
and never reaches the global minimum or actual model.
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The partial cure to this local-minima problem is
a multiscale approach (Bunks et al., 1995), where the ini-
tial iterations estimate a coarse-grid velocity model from
low-frequency data. For a reasonable starting model, this
often prevents getting stuck in local minima because the
predicted low-frequency arrivals are more likely to arrive
within a period of the arrivals in the low-pass filtered data.
After a number of iterations, the velocity model is refined
to a finer scale (the grid interval is halved) and intermedi-
ate frequency data are iteratively inverted to update the
velocity model. After suitable reduction of the data misfit,
the model grid is refined again and higher-frequency data
are inverted until a satisfactory model is reconstructed.
One of the first relevant demonstrations of multiscale
FWI applied to real data in a complex environment was
performed by Ravaut et al. (2004). Other results with both
synthetic and field data (Sirgue and Pratt, 2004; Sirgue
et al., 2007; Plessix, 2009; Vigh and Starr, 2007, 2008;
Sirgue et al., 2010) convincingly demonstrate the effec-
tiveness of this approach. As mentioned earlier, improved
model reconstructions can be achieved if more accurate
starting models are employed, lower frequency data are
recorded, and wider offset data are acquired. The new
challenges are to employ modeling and inversion codes
that robustly take into account the effects of viscoelasticity
and anisotropy in the data.
Phase-encoded multisource waveform inversion
A major difficulty, until recently, is the enormous compu-
tational expense of waveform inversion. Each shot gather
of residuals must be migrated at each iteration, which for
3D problems can be too demanding even for the most
powerful computers. To relieve this problem, Krebs et al.
(2009), Virieux and Operto (2009), and Dai and Schuster
(2009) proposed summing phase-encoded shot gathers into
supergathers and migrating the supergathers at each itera-
tion; a supergather ismodeledwith just one finite-difference
simulation, where the computational cost is the same as that
for one shot gather. This is similar to the phase-encoding
RTM of Romero et al. (2000), except iterations are used to
reduce the crosstalk noise in supergather migration. The
result can be an enormous cost savings compared to con-
ventional waveform inversion or migration.

Figure 1h shows an example of phase-encoding shot
gathers, where each trace in a shot gather has the same ran-
dom time shift but different shots have different time
shifts. In this case, 12 shot gathers were time-shifted and
blended together into one supergather; there were 192
traces per shot gather. A total of 16 nonoverlapping
supergathers were input into the iterative waveform inver-
sion code, where each supergather migration costs the
same as the migration of one shot gather because 12 shots
were excited at nearly the same time. Hence, the Figure 1h
tomogram costs 1/12 that of the Figure 1g tomogram. For
3D inversion, the computational cost savings can be more
than two orders of magnitude compared to conventional
waveform inversion.
For a 3D example, Figure 5a shows results after wave-
form inversion of 3D synthetic data, where the model size
is 800 � 800 � 186 grid points and the spatial sampling
interval is 20 m. There are 1,089 sources evenly distrib-
uted along the surface with an interval of 500 m in the
inline (X) and crossline (Y) directions. Multisource wave-
form inversion using the Krebs method (Krebs et al.,
2009), static Quasi-Monte Carlo (QMC) phase encoding,
and dynamic QMC phase encoding (Boonyasiriwat and
Schuster, 2010) are applied to this data set.

Figure 5b–d show that dynamic QMC phase encoding
provides a higher-quality tomogram than the other
methods, yet the computational cost is two orders of mag-
nitude less than that of conventional waveform inversion.
The Krebs strategy is the most efficient because 1,089 shot
gathers were blended into one supergather, compared to
the QMC strategies that used 99 CSGs/supergather.
Dynamic phase encoding changed the time shifts of each
shot gather after each iteration, while the static strategy
kept the phase encoding the same.
Current status and future of seismic imaging
Reverse time migration is becoming the preferred means
for seismic imaging beneath complex regions such as salt
bodies. Earthquake seismologists are now recognizing the
benefits of migration imaging earthquake records for tec-
tonic structures such as subduction zones (Bostock et al.,
2001) or using wide-angle seismic experiments to image
the crust (Brenders and Pratt, 2007) and mantle (Montelli
et al., 2006). Least squares migration and waveform inver-
sion are now being considered as viable upgrades to stan-
dard migration because of the tremendous speedup from
phase-encoded multisource methodology. There is still
a debate about whether waveform inversion should be
computed in the frequency (there are additional advan-
tages by formulating the problem in the Laplace transform
domain [Shin and Ha, 2008]) or time domains (Vigh and
Starr, 2007; Warner, 2008), but there is no debate that
we eventually need to account for viscoelastic and aniso-
tropic effects in the data.

3D waveform inversion of earthquake records for whole
earth tomograms greater than 1 Hz is still too computation-
ally demanding except at very low frequencies, and the
same can be said for 3D exploration geophysics at frequen-
cies above 50 Hz. Challenges still remain, especially in the
critically important area of anisotropic RTM (Zhang and
Zhang, 2009; Fowler et al., 2010) and waveform inversion;
estimation of accurate anisotropic migration velocity
models is an ongoing line of research. Earthquake seismol-
ogists are now testing the possibility of using earthquake
records for inverting basin structures and velocity models
so as to improve their simulation-based predictions of earth-
quake hazard. Passive seismic recordings and the use of
interferometry to extract surface wave records (Shapiro
and Campillo, 2004; Shapiro et al., 2005), followed by
inversion for S-velocity tomograms are playing an increas-
ingly important role in earthquake seismology.
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Synonyms
Seismometry

Definition
Datalogger. Device for recording electrical signal from
a seismometer, usually in digital form and with accurate
time information.
Geophone. Another name for seismometer, used in geo-
physical exploration.
Seismometer. Device for providing a record of ground
motion, usually by converting it into an electrical signal.
Strainmeter.Device for continuously measuring the defor-
mation of the Earth, either as extension along a line, or
volume change.

Introduction
Seismic instruments give a time record of ground motion
caused by elastic waves. The first instruments were built
at the end of the nineteenth century; subsequent develop-
ments have evolved towards wider coverage of both the
frequency and amplitude of the waves that could be
recorded. Over most of the twentieth century much of this
evolution, and of the diversity of instrument types, was
related not to how ground motion was sensed but to how
it was recorded; the last 3 decades have seen such rapid
development in digital technology, especially in data stor-
age, that recording techniques unique to seismology are no
longer needed. Modern seismic systems all consist of
a seismometer for converting some aspect of ground
motion into an electrical signal, and a datalogger for
recording this signal. In exploration geophysics, the name
geophone is a common synonym for seismometer; now
that data recording is clearly separated from sensing
ground motion, the old term seismograph could probably
be abandoned. Since dataloggers are not unique to seis-
mology, this article discusses only the general require-
ments for them, focusing instead on the designs of
seismic sensors, or seismometry. Three recent reviews
cover seismometry in more detail: Wielandt (2002),
Havskov and Alguacil (2004), and Bormann (2009).

Requirements for instruments
The frequencies to be measured by seismometers range
from 0.31 mHz (the slowest free oscillation) up to 1 kHz
(in near-surface geophysics): roughly 6 orders of magni-
tude. Figure 1 shows the amplitudes that can occur over
most of this frequency range, from the background noise
level at quiet sites (Berger et al., 2004) to the large signals
that have been observed at moderate distances from very
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large earthquakes, to the even larger, and damaging,
strong ground motions close to an earthquake. The large
signals are infrequent, but also of considerable scientific
importance – but so are very small signals, which can be
seen only if the seismometer has lower noise than the
ground does.

Since digital dataloggers can record over a much wider
range of amplitudes and frequencies than the older analog
recorders could, modern seismic systems can be character-
ized as broadband (covering a wide band of frequencies)
and high dynamic range (a wide range of amplitudes).
But the range from noise to the largest signal covers over
10 orders of magnitude, too much for any single instru-
ment and datalogger. Since most seismometer designs
require practical tradeoffs between low-frequency capa-
bility and other performance goals, seismometers are still
classified by what frequencies and amplitudes they cover
best. Systems for recording the largest signals without dis-
tortion are called strong-motion seismometers, and have
usually been designed to meet the needs of earthquake
engineers rather than seismologists, though digital tech-
nology is blurring this distinction.

Inertial seismometers: basic principles
Almost all seismometers measure motion of the ground
using the inertia of an internal mass, and so are called
inertial sensors. This mass, of amountm, is subject to five
forces: (1) constraints that restrict the mass motion to be in
a particular direction (denoted by a unit vector e) making
the system one with a single degree of freedom; (2) the
gravitational force vector, gm; along that direction,
namely, e 	 gm; (3) an elastic restoring force (from
a spring), � kðx� x0Þ, where k is the spring constant
and x the displacement (in the direction e) away from an
equilibrium position x0; (4) a viscous damping force pro-
portional to velocity � d _x; (5) additional forces Fb that
may be applied by a feedback system (discussed below).

The displacement of the mass relative to an inertial
frame is xþ e 	 u, where x is the motion of the mass rela-
tive to the Earth, which is what we can measure, and u is
the (vector) motion of the Earth relative to the inertial
frame, which is that of the Earth in the absence of seismic
waves (we can neglect non-inertial effects from the
Earth’s rotation). Combining forces (2), (3), and (4), and
applying the momentum equation, the acceleration of the
mass is given by

mð€xþ e 	 €uÞ ¼ e 	 gm� kðx� x0Þ � d _x

where we allow the possibility of variations in both e and
g. With no motion, we assume that the mass position is x0,
so that e0 	 g0m ¼ �kx0. Then the above equation
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becomes, for small variations in e and g, and after some
rearrangement of terms,

k
m
xþ d

m
_xþ €x ¼ �e0 	 €u� e0 	 ðg� g0Þ � ðe� e0Þ 	 g0

more usually written as

€xþ 2g _xþ o2
0x ¼ �e0 	 €u� e0 	 ðg� g0Þ

� ðe� e0Þ 	 g0
(1)

where o0 ¼
ffiffiffiffiffiffiffiffiffiffi
k=M

p
is the natural frequency of the seis-

mometer (T0 ¼ 2p=o0 is called the free period);
g ¼ d=2M is the damping constant. These names describe
the behavior of the seismometer if the right-hand side of
the equation is zero and x ¼ x0 at t ¼ 0; the subsequent
motion of the seismometer mass is then

xðtÞ ¼ x0cos
2pt
T0

� �
e�gt;

which is a decaying sinusoid with period T ; the damping g
needs to be large enough to avoid ringing (a sign of reso-
nance effects), and is usually set to about 0.8.

The right-hand side of Equation 1 shows that an inertial
sensor responds to three inputs:

1. The acceleration of the ground, €u; this is why inertial
sensors are often called accelerometers.

2. Changes in the gravitational vector g along the direc-
tion of sensitivity; if this is the dominant signal, the
sensor is usually referred to as a gravimeter (see
Gravimeters).

3. Changes in the direction of sensitivity relative to the
direction of gravity. If e0 and g0 are parallel (the mass
moves vertically), then to first order e� e0 is perpen-
dicular to g0, and this contribution is zero. However,
if e0 and g0 are perpendicular (the mass moves horizon-
tally), then to first order e� e0 is parallel to g0, and this
contribution can be significant; if this is the dominant
signal, the sensor would be referred to as a tiltmeter,
since changes in e reflect tilting of the sensor (or the
ground it is attached to).

Much confusion has been created by the use of these
different terms for what is the same kind of sensor, when
the difference actually refers to the type of signal being
measured.

Ignoring the tilt and gravity terms, suppose that the
ground displacement is purely sinusoidal, uðtÞ ¼ Ueiot

(U being complex, and the real part being taken). Then
the mass motion will be Xeiot, where

X
U

¼ o2

o2
0 � gioþ o2

(2)

is the frequency response of the seismometer. For ground
motion at frequencies much higher than the natural
frequency o0, X � U : the mass motion looks like ground
displacement. For ground motion at much lower
frequencies, X � Uo2=o2

0: the mass motion looks like
ground acceleration, scaled by the inverse of the natural
frequency of the seismometer.

The minimum noise level of any inertial sensor is set by
the thermal (Brownian) motion of the mass in equilibrium
with its surroundings. This noise level can be expressed as
an equivalent ground acceleration, with a flat power spec-
tral density of 8o0gkBy=m, where kB is Boltzmann’s con-
stant and y is the temperature (Aki and Richards, 2002).
For a temperature of 310 K and g ¼ 0:8; this expression
is 1:72� 10�19=ðmT0Þm4s�3, with m in kilograms and
T0 in seconds. The dotted lines in Figure 1 show noise
levels for two cases that cover the range of designs:
mT0 ¼ 10�4 (1 g mass and free period of 0.1 s), which
cannot resolve ground noise at the longer periods, and
mT0 ¼ 3 (300 g and 10 s), which shows that a moderately
large mass and long period are necessary and sufficient for
this thermal noise limit to fall below ground noise at all
frequencies.
Mechanical design
In an inertial sensor, the mass needs to be constrained to
move in one direction only, with a restoring force that is
both exactly linear in the mass displacement and of what-
ever amount needed for the sensor to have the desired free
period. The free period enters into the design partly
because of Equation 2: the longer the period, the greater
the displacement of the mass for a given acceleration at
periods longer than the free period; that is to say, the
higher the long-period sensitivity, and the lower the noise.
Sensors designed to measure only high frequencies, such
as the geophones used in geophysical exploration, can
have a short free period, which means that the springs used
can be relatively stiff (large k) and rugged. Seismometers
for high frequencies use elastic elements both to constrain
mass motion to a straight line and to provide a linear
restoring force (Figure 2a). The latest innovation for
short-period instruments is the MEMS (Micro-Electronic
Mechanical Systems) sensor, in which the mass-spring
system is machined from monolithic silicon and packaged
with integral electronics; these are mass-produced for non-
seismological applications and so are relatively inexpen-
sive. While not as sensitive as traditional seismometers,
they are already useful for measuring strong ground
motions.

The high sensitivity needed for scientific purposes
makes the mechanical design more challenging. If the
mass moves vertically, it must be stably suspended against
gravity while the restoring force is also kept low. In most
long-period seismometers, the mass is constrained by
hinges and stops to move along a small part of the circum-
ference of a circle, which for most applications is an ade-
quate approximation to a straight line (departures from
this cause cross-coupling [Rodgers, 1968; LaCoste,
1967]). For sensing horizontal motion, the circle is slightly
tilted from a horizontal plane, in which case the hinged
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Seismic Instrumentation, Figure 2 Mechanical designs for seismometers, shown in cartoon form. (a) is a simple mass on a spring.
(b) is the “garden-gate” design used for long-period horizontal instruments; note that the support post is not vertical. (c) shows
the geometry of a Lacoste suspension; the restoring force of the spring must be equal to its physical length. (d) shows a vertical
sensor that uses a leaf spring (elastica) to supply the restoring force. (e) and (f) show the design of a single sensor in a triaxial
seismometer, and how three such sensors are arranged to record orthogonal motions.
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mass is a horizontal pendulum (also called a garden-gate
suspension, shown in Figure 2b). The restoring force then
comes from gravity and is easily adjusted by tilting the
instrument.

Long-period sensors that measure in other directions
use a spring arranged to give a weak, but still linear, restor-
ing force. One common design is the LaCoste suspension
(Figure 2c), which uses a zero-length spring: a helical
spring that exerts a force exactly proportional to its phys-
ical length. The geometry of the spring and hinged mass
is chosen to make the restoring force nearly independent
of mass position, giving a very long period. An alternative
method uses a single sheet of elastic material, bent to form
a leaf spring (Figure 2d), to create a long-period system
with adequate linearity over the actual range of motion.

The traditional arrangement of seismometers is an
orthogonal pair for horizontal motion, and a single sensor
of vertical motion; if only one sensor is used, it is usually
a vertical to give the best signal-to-noise ratio for P waves.
Many systems now use a “triaxial” arrangement, with
three identical systems measuring motion at an angle of
54.73� to the vertical, and at azimuths 120� apart; this also
gives three orthogonal directions, namely those of the
edges of a cube balanced on a corner (Figure 2e and f ).

Any seismometer requires careful design to ensure that
the only vibration that takes place is the mass motion, or at
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least that other modes of vibration (called parasitic reso-
nances) will not produce any signals if excited by ground
motion. Long-period seismometers need special materials
that do not creep much under load and whose dimensions
and elastic constants are insensitive to temperature
changes; even then, isolation and active environmental
control may be needed to reduce the effects of changes
in air temperature, air pressure (which causes varying
buoyancy of the mass), and magnetic fields (which affect
spring materials).

Electronic design
Sensing the mass motion in a seismometer is now almost
always done electronically, in one of two ways (Agnew,
1986). In the first, electrodynamicmethod, permanent mag-
nets and coils of wire are arranged so that the motion of the
sensor produces an induced voltageV ¼ G _x, whereG is the
generator constant; this voltage is then amplified and
recorded. This method is simple and rugged, and provides
damping if some of the induced current flows through a resis-
tor. However, because the voltage produced depends on the
velocity of the mass, and because the noise in the amplifiers
rises with low frequency, electrodynamic sensing cannot
resolve ground noise at periods longer than about 10 s.

The second method is active sensing of the mass
motion. An oscillating voltage is input to a variable capac-
itor or inductor attached to the mass, which produces an
output voltage with the same frequency and amplitude
proportional to x; this output voltage is then demodulated
to produce V ¼ Sx, where S is the sensitivity. Up to the
point of demodulation, the signal is at a frequency (several
kHz) at which electronics noise is relatively low, so such
displacement sensors can be made sensitive enough to
measure motions less than an atomic diameter.

This output voltage can be recorded directly, but more
often is used in a feedback system: the integral of this volt-
age (over some frequency band) is used to apply an addi-
tional force to the mass, usually with a coil and magnet,
acting against the mass displacement. Because this force
acts against the apparent force of ground acceleration, this
is called a force-balance accelerometer. Feedback does not
decrease noise, but does have three other merits. First, it
can be used to vary the seismometer response much more
than mechanical modifications can; for example,
a mechanical system with a free period longer than 10 s
is difficult to make, but this is easy to create electronically;
and the response of the electronic system will be much
more stable over time. Second, because the feedback force
reduces the mass motion, the mechanical system needs to
be linear over a smaller range. Finally, the calibration
depends on the relation between voltage and feedback
force, and this is very stable over time.

Calibration
Equation 2 is an example of the transfer function of a seis-
mometer: the relation, as a function of frequency, between
the ground motion and the output. In that example, the
output was assumed to be mass motion x; a more realistic
example would include a displacement sensor that gener-
ates a voltage V ¼ Sx followed by a datalogger that digi-
tizes the voltage and produces a number N ¼ AV. The
total transfer function of the system, from input Earth dis-
placement to digital output, would then be

ASo2

o2
0 � gioþ o2

: (3)

Seismometer calibration consists of determining all the

parameters in expressions like this one. Some compo-
nents, such as the datalogger, are calibrated by putting
a known signal in and recording the output. For the seis-
mic sensor, this requires producing a known ground
motion, which can be done with a shake table before the
seismometer is installed. After installation, a seismometer
calibration can be checked by putting a signal into the seis-
mometer electronics that will apply force to the mass with-
out otherwise disturbing the output.

Calibration information is usually provided in a form
like Equation 3: a leading constant, and the (complex) poly-
nomials that give the response as a function of a frequency.
Often the polynomials are specified by giving their roots in
the complex plane, referred to as poles and zeros. The fre-
quency response can usually be found quite accurately,
though the absolute response to ground motion is usually
difficult to estimate to better than 1%. Sometimes mundane
aspects of the calibration, such as the actual direction of
measurement, can be in error by significant amounts.

Installation
An ideal seismometer installation should maximize sig-
nals of interest whether distant earthquakes or the shaking
of a building, while minimizing noise that might hide
these signals. Any actual installation will be
a compromise between this ideal and such practical mat-
ters as access and cost. For earthquake signals, putting
an instrument deeper below the Earth’s surface will give
better results, but if this requires a deep drill-hole,
a shallower installation may be all that can be done. An
extreme example of low-quality installations being
accepted for reasons of cost is ocean-bottom seismome-
ters, for which the standard installation is the seismometer
sitting on the bottom, sometimes on very soft sediments,
however it happens to land after being dropped off a ship.

On land, the shallowest installations are for temporary
instruments used in geophysical exploration, with seis-
mometers planted on the surface with an attached spike to
hold them in place. More permanent installations range
from instruments set on surface rock exposures or in shal-
low holes in soil, to purpose-built deep vaults, caves (if
available), and drill-holes. Deeper installations reduce the
noise from wind and the range of temperature variation,
and even a meter of soil will attenuate daily fluctuations.
It is advisable, though not always possible, for instruments
to be installed away from noise sources such as roads,
machinery, rivers, and trees; in an urban setting borehole
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installations at depths of a few hundred meters may be the
only way to reduce the noise to reasonable levels.

Displacement seismometry using satellites
Because the mass motion is proportional to acceleration
for motions with periods longer than the seismometer free
period, data from inertial seismometers has to be inte-
grated twice to find long-period displacements. This inte-
gration can introduce significant error, especially if the
response is slightly nonlinear or the sensor tilts.

Direct sensing of displacement can now be done using
repeated distance measurements between a ground sensor
and Earth satellites, since the satellites define an inertial
reference frame unaffected by ground motion. Distances
between satellites of the Global Positioning System
(GPS) and a receiver on the ground can be measured to
within less than a millimeter precision, even over short
times and in the presence of large accelerations; the actual
ground displacement can be found after some processing
(Bilich et al., 2008). The accuracy of GPS distance mea-
surements is lower than their precision because of propa-
gation effects, including interference from signals
reflected from nearby objects (known as multipath), but
it has proved possible to determine horizontal ground dis-
placements to within a few millimeters over time spans up
to several minutes and at rates up to 10 Hz. This sensitivity
is too low to measure most earthquake signals, but can
provide high-quality displacement data for ground
motions near large earthquakes; a combination of inertial
and GPS sensors is the optimal way to measure strong
motion.

Deformation seismometers
A final class of seismometers measures, not the displace-
ment at a point, but quantities related to the displacement
gradient. For a vector displacement u, the gradient =u is
a tensor, which can be decomposed into two parts:
a symmetric part, the strain tensor, which describes local
deformation; and an antisymmetric part, which is equiva-
lent to a vector that describes local rotation, tilting about
horizontal axes and rotating about the vertical axis.

Two types of instruments, both known as strainmeters,
can measure components of the strain tensor (Agnew,
1986). Extensometers measure relative displacement
along a line between two end points; this displacement
divided by the baseline (the distance between the points)
gives the extensional or compressional strain. Extensome-
ters with baselines as short as a few centimeters are
installed in boreholes, and ones with baselines up to tens
of meters in tunnels. In both of these, the measurement is
made relative to a solid length standard. Much longer
instruments use optical methods to measure strain over
hundreds of meters. The other class of strainmeter is the
volumetric type, in which the change in a volume of fluid
is found by sensing the displacement of fluid in and out of
a container cemented in a borehole: such an instrument
measures the volume strain, or dilatation.
Measuring the rotation vector requires either a stable
direction of reference or some way of measuring rotation
directly with respect to inertial space. Until recently, no
technology existed that do could this with the low noise
levels required. A few instruments measure rates of rota-
tion around a vertical axis using Sagnac interferometers,
also called laser gyroscopes (Schreiber et al., 2009). These
sense the difference in frequency between two light beams
propagating in opposite directions around a closed loop.

Seismic data recording
Three specialized requirements for seismological
dataloggers are: (1) a high dynamic range, to capture all
the signals possible; (2) large amounts of storage, since
it may be necessary to record for a long time to capture
unpredictable events; and (3) accurate absolute timing, to
relate seismic-wave travel times to a common system. In
all three areas, the progress of electronics has meant rap-
idly improving performance at ever-lower cost.

Many seismic dataloggers use specialized systems to
provide 24 bits of range (about 5� 107); this is accom-
plished by oversampling followed by digital filtering.
The amount of storage depends on the sample rate; except
in limited situations, a rate of about 200 Hz will capture all
seismic data without aliasing. A day of 3-component data
with this resolution and sample rate comes to just over
50 Mb, an amount that in the last two decades has gone
from requiring specialized and bulky storage to something
easily dealt with. Cross-correlation methods can find time
delays to a precision of 0.1 of the sample interval, and so
the time of each sample point should be known well: for
200 Hz sampling, this requirement would be 500 ms. This
too is a level of accuracy that until recently was not easily
attained. It can be reached without much difficulty if radio
signals from the GPS satellites are available, though pro-
viding it over long times in the absence of such a signal
still requires expensive equipment. Lower levels of accu-
racy can be obtained from other radio signals, and, over
intervals of a few days, from inexpensive crystal
oscillators.

Often, a single system records data telemetered from
multiple sensors, forming an array (if the region covered
spans only a few wavelengths of the waves being recorded)
or network (if larger). Themost precise timing then requires
corrections for the transmission time of the data (latency)
unless a separate datalogger is used for each sensor.

Summary
With over a century of development, inertial seismic sen-
sors are a mature technology, usually capable of recording
ground motion much better than it can be modeled. While
no single sensor can cover the full range of amplitudes and
periods of seismic waves, only a few instruments are
needed to provide a faithful record of ground motion.
Since other developments in electronics have largely rou-
tinized digital recording of seismic data, most users treat
seismometers as a “black box” system that can be acquired
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and used with little specific expertise: a usually justifiable
assumption, though as always it is important to know
enough to recognize poor performance when it does occur.
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Definition
Seismic microzonation. The mapping of an area on the
basis of various factors that can affect the intensity of
ground shaking, such as seismic hazard, geological condi-
tions, and topographical features, so as to account for the
effects of local conditions on earthquake-induced damage.

Introduction
Local site conditions affect the intensity of ground shak-
ing, and as a consequence, the extent of earthquake-
induced damage. The amplitude, frequency content, and
duration of strong ground motion are significantly
influenced by local site conditions. A well-known exam-
ple is the 1985 Mexico City earthquake. Although the
fault rupture of the earthquake was about 350 km away
from Mexico City, the city sustained catastrophic damage
due to the strong amplification of the ground motion by
soft soil deposits (Seed et al., 1988). The 1989 Loma
Prieta earthquake caused extensive damage in the San
Francisco Bay Area. The San Francisco Bay mud signifi-
cantly influenced the amplitude, frequency content, and
duration of ground shaking and resulted in the collapse
of the northern portion of the I-880 Cypress Viaduct
(Earthquake Engineering Research Institute, 1990;
Kramer, 1996). Seismic microzonation provides the basis
for site-specific risk analysis, which can assist in the miti-
gation of earthquake-induced damage.

Methodology
Seismic microzonation typically involves the mapping of
predominant periods, soil amplification factors, topo-
graphical conditions, liquefaction susceptibility, etc. To
draft microzonation maps for a particular region, various
data such as existing geological maps, borehole survey
data, seismic observation data, and microtremor observa-
tion data are collected. Since seismic microzonation
entails spatial classification of soil conditions in a small
area (e.g., a city), geological data are required for not just
a single location, but for many locations. In this regard,
geological classification maps are most often used as one
of the data sources. However, to classify the target area
in a more quantitative manner, actual soil profiles obtained
from borehole survey data or seismic observation data are
better sources. Unfortunately, in most cases, the borehole
survey data and/or seismic observation data available for
a small area are insufficient. Thus, microtremor observa-
tion data have emerged as a popular source for dense spa-
tial information on site amplification characteristics.
Three examples of seismic microzonation are described
hereafter.

Example 1. Seismic microzonation based on
geomorphological classification maps
Several seismic microzonation studies in Japan have
employed geomorphological and geological data from
the Digital National Land Information (DNLI), which is
a GIS database that covers the whole of Japan with a
1 � 1 km mesh, to estimate site amplification characteris-
tics (Matsuoka and Midorikawa, 1995; Fukuwa et al.,
1998; Yamazaki et al., 2000).
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Wakamatsu et al. (2004) drafted the Japan Engineering
Geomorphologic Classification Map (JEGM) on the basis
of the analysis of local geomorphological features at scales
of 1:50,000, and all the attributes were digitized and stored
in a GIS database. They recently extended the JEGM to
250� 250 m grid cells that were categorized into 24 classes
on the basis of geomorphological characteristics.

The shear-wave velocity averaged over the upper 30 m
(Vs

30) is often used as a simplified index of site conditions
(Building Seismic Safety Council, 2003). Region-wide
site condition maps for California were constructed on
the basis of Vs

30 and the classification of geological units
(Wills et al., 2000). The Next Generation of Ground-Motion
Attenuation Models (NGA) project was launched in an
attempt to collect all publicly available site condition
information at strong motion stations. Vs

30 is used in
the absence of site condition information (Chiou et al.,
2008). Matsuoka et al. (2006) constructed a nationwide
Vs

30 distribution map using the nationwide shear-wave
velocity datasets for Japan, which were obtained from
1,000 K-NET and 500 KiK-net seismic stations and the
JEGM.

The National Research Institute for Earth Science and
Disaster Prevention (NIED), Japan, has developed an
open web system that interactively provides seismic haz-
ard maps for Japan; this system is called the Japan Seismic
Hazard Information Station (J-SHIS) (Fujiwara et al.,
2006). J-SHIS uses the JEGM and Vs

30 distribution map
50 120 160 200 25

Seismic Microzonation, Figure 1 Vs
30 distribution map of Tokyo m
to draw probabilistic seismic hazard maps for the whole
of Japan made by the Headquarters of Earthquake
Research Promotion, Japan (Figure 1).
Example 2. Seismic microzonation based on dense
borehole data and GIS
Since 2001, the Tokyo Gas Co., Ltd. has been operating
the Super-Dense Real-time Monitoring of Earthquakes
(SUPREME) system, having about 4,000 seismometers
(SI-sensors), in order to control natural-gas supply soon
after the occurrence of earthquakes (Shimizu et al., 2006).

This system employs a GIS to interpolate the monitored
spectral intensity (SI) values by using subsoil data from
60,000 boreholes. The digitized borehole data specify
the location, depths of soil layers, classification of subsur-
face soil, standard penetration test (SPT) blow counts, sur-
face elevation, and elevation of the ground water table.
Thus, microzonation of the area on the basis of individual
borehole data is possible. Shear-wave velocities are esti-
mated from an empirical relationship by using the SPT-N
values; then, the average shear-wave velocities in the top
20 m of soil at a borehole site are used to estimate the
amplification factors of the SI values (Figure 2).

The accuracy of seismic microzonation can be confirmed
after several years of operating a dense seismic network by
evaluating the seismic records obtained formoderate to small
earthquake events occurring in that period.
0 300 400 500 700 1000 3000 (m/s)

etropolitan area (http://www.j-shis.bosai.go.jp/).



Seismic Microzonation, Figure 2 Site amplification map of Tokyo and surrounding areas, developed using dense borehole data.

Seismic Microzonation, Figure 3 Microzonation of greater Bangkok area on the basis of variation in predominant period.

1142 SEISMIC MICROZONATION



SEISMIC MICROZONATION 1143
Example 3. Seismic microzonation based on
microtremor measurements
Microtremor measurements have emerged as a popular
tool for determining the dynamic properties of soil layers,
and hence, are being widely employed for seismic
microzonation. In this method, ambient vibrations (of the
order of microns) on the earth’s surface are measured.
The main sources of these vibrations are traffic and indus-
trial and human activities (Kanai, 1983; Lermo and
Chavez-Garcia, 1994). Microtremor measurements can
be used to determine the predominant period of vibrations
at a site. Nakamura (1989) proposed the horizontal-to-
vertical (H/V) spectral ratio method, in which the predom-
inant periods of ground vibrations are determined from the
ratio of horizontal and vertical Fourier spectra of the
microtremors recorded at a site. Konno and Ohmachi
(1998) drafted a map of fundamental periods and amplifi-
cation factors for the 23 wards of Tokyo on the basis of
microtremor measurements carried out at 546 stations.

Tuladhar et al. (2004) drew a seismic microzonation
map for the greater Bangkok area, Thailand, on the basis
of microtremor observations carried out at 150 sites. The
predominant periods of these sites were obtained by using
the H/V method. The estimated predominant periods were
validated by comparing them with the transfer functions
obtained from one-dimensional wave-propagation
analysis conducted at eight sites. According to the varia-
tion in the predominant period of the ground, the greater
Bangkok area was classified into four zones as follows:
Zone I (period less than 0.4 s), Zone II (0.4–0.6 s), Zone
III (0.6–0.8 s), Zone IV (longer than 0.8 s). Figure 3 illus-
trates the microzonation of the greater Bangkok area on
the basis of variation in the predominant period.
Summary
The objectives and methodologies to perform seismic
microzonation are described and some examples are
presented. The three major methods introduced to achieve
seismic microzonation are the uses of geomorphological
classification maps, dense borehole datasets, and
microtremor measurements. The results of seismic
microzonation are compiled for a GIS to draft
microzonation maps and they can be used to predict
ground motions during disastrous earthquakes and thus
can assist in the mitigation of earthquake-induced damage.
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Introduction
The original development of nuclear weapons, and their
first use in 1945, was followed by several decades of fur-
ther weapons development in which more than 2,000
nuclear test explosions were conducted. About 500 of
these were carried out in the atmosphere, mostly in the
1950s and 1960s. They generated radioactive fallout that
was detected worldwide with some regional concentra-
tions, and aroused widespread public opposition to
nuclear testing. A few nuclear tests were carried out under-
water and in space. The great majority, about 1,500, were
conducted underground in ways that greatly reduced
fallout – the first of them in 1957, in Nevada, USA –
generating signals that have been intensively studied by
seismologists. Hundreds of these individual nuclear tests
consisted of multiple nuclear devices and exploded almost
simultaneously.

A ban on nuclear testing in the atmosphere, underwater,
or in space, was negotiated and went into effect in
1963 between the USA, the USSR, and the UK. Known
as the Limited Test Ban Treaty (LTBT), it has since been
ratified or acceded to by more than a hundred countries.
Though France and China did not sign, and China
carried on with nuclear testing in the atmosphere up to
1980, eventually both these countries came to abide by
its terms.

The concept of a Comprehensive Test Ban Treaty
(CTBT) emerged in the 1950s, intended as a restraint upon
nuclear weapons development. It was debated in many
forums for more than 40 years, and finalized in terms of
specific treaty text in September 1996. But this treaty is
not in effect (as of 2010), due to continuing debate in spe-
cific countries that have not ratified this treaty, and whose
ratification is needed as a condition for the CTBT to enter
into force. They include India, North Korea, and Pakistan
(not signed or ratified); and China, Israel, and the United
States (signed but not ratified). Those countries that
have signed the treaty are effectively adhering to a
moratorium on nuclear testing. They include the five
countries recognized as nuclear weapons states by the
Non-Proliferation Treaty of 1968. Listing them in the
order in which they acquired nuclear weapons capability,
these are the USA, the USSR (whose CTBT obligations
have been assumed by Russia), the UK, France, and
China. The two countries that by far have conducted the
most nuclear test explosions – the USA with 51% of the
world total, and the USSR/Russia with 35% – ended
nuclear testing in the early 1990s. See Yang et al. (2003)
for lists of nuclear explosions conducted in the twentieth
century, and Bennett et al. (2010) for a relevant database
and seismic waveforms. Since 1996, the only nuclear
explosions (as of 2010) have been those conducted by
India and Pakistan (in May 1998), and by North Korea
(in October 2006, and May 2009).

Seismic monitoring of nuclear explosions has been an
important activity ever since the first nuclear test in July
1945 in New Mexico. Such monitoring is driven by two
different objectives that have engaged a range of different
institutions and organizations. The first objective, which
dominated for the early decades of nuclear testing up to
the early 1990s when nuclear explosions were being
conducted on average about once a week, was to acquire
basic information about military weapons being tested,
especially if (from the point of view of the monitoring
organization) the tests were being carried out by
a potential adversary. Relevant questions were: what
countries had nuclear weapons programs, developed to
the level of carrying out nuclear explosive tests? And
how big were these explosions? The second objective,
which has become important in recent decades, has been
in the context of a major initiative in nuclear arms control,
namely, to achieve confidence in the capability to monitor
compliance with a CTBT, recognizing that many countries
considering whether or not to support such a treaty and to
be bound by its terms, would need to have confidence in
the monitoring system to some adequate degree. Given
that monitoring cannot be done all the way down to zero
yield, evaluation of progress toward this second objective
entails questions such as: down to what small size can
nuclear explosions be detected, and identified, and attrib-
uted with high confidence? And what are the specific
capabilities of different types of monitoring program,
applied to different parts of the world, to catch evidence
of a nuclear test, should one occur?

Seismology is the most effective technology for moni-
toring nuclear tests carried out underground, which is the
one environment that was not covered by the LTBT, and
which is also the hardest of the environments to monitor.
The importance of achieving the two objectives stated
above has shaped modern seismology itself, in that much
of the funding that has led to the facilities and bodies of
knowledge now used widely in seismological research
(including studies of seismic hazard), were stimulated by
government programs intended to improve capabilities
for seismic monitoring of nuclear explosions. These facil-
ities and methods include high-quality Seismic Instrumen-
tation, global networks that monitor for earthquakes as
well as explosions, quantitative methods of characterizing
seismic sources (various magnitude scales, the moment
tensor), theoretical understanding of seismic wave propa-
gation in Earth models of increasing and more realistic
complexity, our knowledge of the Earth’s internal struc-
ture, and methods of seismic signal detection and
interpretation.

The technical capability to monitor explosions, or
a perceived lack of such capability, has played a role in
the development of policy options on weapons testing
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and/or arms control and the content of international
treaties. A key technical question arising in debates has
been: down to what value of yield can monitoring be
accomplished – and with what level of confidence? Seis-
mologists claim now that there is no fundamental techni-
cal problem with monitoring explosions down to 1 kt,
even if determined efforts at evasion must be considered.
But there have been assertions that it is possible to muffle
and thus hide (or confuse the procedures for identifying)
the seismic signal, even from a substantial underground
explosion at the level of ten kilotons or more. These latter
assertions do not appear plausible after review of the tech-
nical difficulties; but, as assertions, one finds that they
continue to survive.

Seismic monitoring for underground nuclear explo-
sions must be done with recognition of the great variety
and number of earthquakes, chemical explosions, and
other nonnuclear phenomena that generate seismic signals
every day. Efforts to sort out and identify signals from
underground nuclear explosions in the midst of signals
from these other phenomena have made great progress
since they commenced in the 1950s, and improvements
in monitoring capability will surely continue to be made.

Sections below describe basic properties of earthquake
and explosion signals, and different steps in seismic mon-
itoring for nuclear explosions. A review is given of
methods used for decades in the era when thousands of
kilometers separated nuclear weapons testing activity
and monitoring stations, when nuclear weapons testing
was commonplace and there was little incentive to hide
testing activity. Descriptions are then given of modern
methods that monitor for very small explosions and the
possibility of tests conducted in ways intended to evade
discovery. A description is given of so-called “problem
events” that were important is developing effective and
in some cases new discriminants; and finally a brief sum-
mary is given of monitoring capabilities, as of 2010,
emphasizing the utility of data and data products from
the International Monitoring System and its associated
International Data Centre that are operated today by the
CTBT Organization, headquartered in Vienna, Austria.
Basic properties of earthquake and explosion
signals
Seismic monitoring for underground nuclear explosions
has to face the reality of hundreds of earthquakes, chemi-
cal explosions, and other nonnuclear phenomena, generat-
ing seismic signals daily that will be recorded at multiple
stations by any effective monitoring network. But after
decades of effort, an extensive infrastructure of national
and international agencies now sorts out and identifies
the signals from earthquakes, chemical explosions, and
the occasional underground nuclear explosion. Modern
methods of nuclear explosion monitoring are vastly more
capable than they were when this work began in the late
1950s. The improvements have mostly been steady as data
quality and quantity from monitoring networks increased,
but with occasional jumps in capability as new types of
analysis were validated.

Seismic signals are traditionally grouped into
teleseismic waves and regional waves, depending on the
distance at which they are observed. Teleseismic waves
propagate either as Body Waves through the Earth’s deep
interior, emerging with periods typically in the range 0.3–
5 s at distances greater than about 1,500 km, or as Surface
Waves, analogous to the ripples on the surface of a pond,
with periods of about 15–100 s.

Teleseismic waves were the basis of most US monitor-
ing of foreign nuclear tests prior to 1987. Teleseismic
body waves are further subdivided into P-waves and
S-waves. P-waves, which are the fastest-traveling seismic
waves and are therefore the first to arrive, are excited effi-
ciently by explosions: earthquakes tend to excite S-waves
and surface waves more efficiently.

For subkiloton explosions, teleseismic signals can be
too weak for detection at distant stations and monitoring
then requires regional signals. Regional waves are of sev-
eral types, including P-waves and S-waves, all propagat-
ing only at shallow depths (less than 100 km below the
Earth’s surface) with periods as short as 0.05 s (frequen-
cies as high as 20 Hz, i.e., cycles per second). Regional
waves reach distances up to 1,000 km and sometimes
beyond, depending on source size and whether the propa-
gation path is an attenuating one, or not. They are regional
also in the sense that they have speeds and attenuation
properties that vary according to details of local structures
in the Earth’s crust and uppermost mantle, so they can
vary from place to place within continents and oceans.

Figure 1 shows a regional seismogram of a Soviet
underground nuclear explosion in Kazakhstan recorded
in July 1989 at a distance of slightly less than 1,000 km
by a high-quality station in northwestern China. The orig-
inal recording is shown in red. Different signals derived
from it are shown in blue, each of them filtered to pass
information in a particular band of frequencies.

Seismologists characterize the size of seismic signals
by means of logarithmic magnitude scales (see Earth-
quake, Magnitude), with each scale based on a different
type of seismic wave. A magnitude scale using teleseismic
surface waves was first described in the 1930s based on
the logarithm (to the base 10) of amplitude of maximum
ground displacement due to surface waves with periods
about 20 s. It is known as the Ms scale. Another widely
used magnitude scale is that based on the amplitude of
teleseismic P-waves. Known asmb, it entails measurement
of ground motion at about 1 s period. As part of the assig-
nation of Ms and mb values, for a particular seismic event
as recorded at a particular station, a standard correction is
applied to account for the distance between the source and
the receiver at which the data was obtained. Magnitudes
range from about �3 for the smallest observable micro-
earthquakes, up to above 8 for the largest earthquake.
A 1 kt underground explosion has an mb roughly about
4, and each year there are about 7,500 shallow earthquakes
worldwide with mb � 4 (Ringdal, 1985). Although use of
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Seismic Monitoring of Nuclear Explosions, Figure 1 The seismogram recorded at station WMQ in northwestern China, for an
underground nuclear explosion on July 8, 1989 in Kazakhstan at a distance of almost 1,000 km, is shown in red (top). Filtered versions
of the original trace in different frequency bands are shown in blue. Time in seconds at bottom is with respect to the time the
explosion occurred. Different types of seismic wave propagate at different frequencies, and hence their ground motions show up in
different bands. P-waves, in this case the regional wave called Pn that travels in the uppermost mantle, arrive about 120 s after
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seismic moment has superseded use ofmb andMs in much
of modern seismology and magnitude is only an empirical
estimator of seismic event size, magnitude scales are still
often used in discussion of seismic monitoring because
this a practical way to relate that discussion directly to
properties of signal strength. For example, monitoring
capability is often characterized in terms of contour maps
or shaded maps indicating the magnitude levels down to
which detection or identification is deemed possible with
given resources, such as a particular network. We con-
clude this article with such a map (see Figure 8). Explo-
sion energy is measured in kilotons. A kiloton is
formally defined as a trillion calories, and is roughly the
energy released by exploding a thousand tons of TNT.
The different steps in explosion monitoring
Nuclear explosion monitoring entails a series of steps,
beginning with detection of signals (did a particular sta-
tion detect anything?) and association (can we gather all
the different signals, recorded by different stations, that
originate from the same “event”?). The next steps involve
making a location estimate and an identification (did it
have the characteristics of an earthquake, a mining blast,
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a nuclear weapon test?). Then follow the steps of yield
estimation (how big was it?) and attribution (if it was
a nuclear test, what country carried it out?).

Detection
Concerning detection, nuclear explosion monitoring is
often done with arrays of sensors, deployed as a group
spread out over an area about 10 km across (or less), that
facilitate methods to enhance signal-to-noise ratios. This
is done typically by stacking signals from independent
sensors, often with appropriate delays to increase
signal strength and reduce noise. Array data can also
give estimates of the direction from which signals are
arriving.

In the evaluation of detection capability, one of the key
concepts widely used in seismology is the magnitude of
completeness, which means that all events above this
magnitude can be recorded by the monitoring system.
Transferring from magnitude to yield, one infers the capa-
bility for detecting nuclear tests (NAS, 2002). Practically,
however, one of the often-cited expressions of monitoring
capability is the magnitude threshold, above which
90% of the seismic events can be detected at more than
three stations, the least number of stations for routine
location.

Association
Association is the effort to identify those sets of signals,
from different stations, which all originate from the same
seismic event. It is one of the hardest steps in practice, par-
ticularly when multiple seismic sources around the world
are active at the same time, resulting in signals from differ-
ent events that are interlaced in the waveforms recorded by
each station. In such cases, array data can be helpful in
resolving which signals correspond to which event.

Location
To obtain a location estimate, typically the arrival times of
various seismic waves are measured from the recorded
waveforms such as shown in Figure 1. They are used to
find four parameters: latitude, longitude, depth, and origin
time. In this work, it is necessary to know the travel time
from any hypothesized source location to any particular
seismographic station for any type of seismic wave that
the station might observe. In practice, locating seismic
events accurately on a global basis (say, to within 10 km
of their true location) using sparse networks (stations sev-
eral hundred kilometers apart) requires extensive efforts in
station calibration. Thus, it is important to include path-
specific travel-time corrections to standard travel-time
models to account for lateral variations of Earth structure
(Murphy et al., 2005; Myers et al., 2010). Many authors
have shown that greatly improved precision of location
estimates can be achieved for a given region if seismic
events are located in large numbers – preferably thou-
sands of them or more, all at the same time – rather than
one at a time (Richards et al., 2006; Waldhauser and
Schaff, 2008).

Methods of identification
Identification of the nature of a seismic source on the basis
of its seismic signals – that is, making a determination
from seismograms as to whether it could be a nuclear
explosion, or a natural earthquake, or a mine blast, or
something more exotic such as a bolide impacting our
planet and exploding in the atmosphere – is a large subject
in view of the many possibilities. See for example,
Richards (1988), OTA (1988), Dahlman et al. (2009),
and Bowers and Selby (2009). Seismic events generate
many different types of seismic wave, in various different
frequency bands as shown in Figure 1, and different types
of seismic source generate a different mix of seismic
waves. We can make an analogy here with sound waves,
and the capability of the human ear and brain to analyze
them. A deep bass voice, a gunshot, a whistle, and rolling
thunder, constitute a set of sound sources that are easily
distinguished from each other on the basis of their differ-
ent frequencies, their emergent or impulsive nature, and
their duration. It is the mix of information in both the time
domain and the frequency domain that is effective.

Seismic methods for discriminating between earth-
quakes and explosions are based on interpretation of the
event location (including its depth); on the relative excita-
tion of a variety of body waves and surface waves; and on
properties of the signal spectrum associated with each of
these two different types of source. Within these three
broad categories, many different methods have been tried,
with various degrees of success. As the capabilities of
each method are probed, the question of interest is often:
“Down to what size of seismic event, does this method
of discrimination work?” In some cases, discrimination
is unambiguous even at very small event size. (For exam-
ple, however small an event, it may be presumed to be an
earthquake if it is located at a depth greater than 15 km
below the Earth’s surface. Even a small event will attract
attention if it occurs in an area that is geologically stable
that for decades has had no seismic activity.)

The most useful methods for discrimination can be
listed as follows:


 Interpretation of the location: Is the event in a seismic or
an aseismic area? Below the floor of an ocean? At depth
below a continent? There is an important role here for
common sense: seismic events in Canada tend to attract
less attention from western monitoring agencies than
such events in North Korea (though a seismic event in
the middle of the Canadian Shield would still attract
attention and intensive study).


 Relative amplitude of body waves and surface waves.
This can be studied by plotting the event of interest on
an Ms: mb diagram, as shown in Figure 2. The sur-
face-wave amplitude is read typically from signals with
period about 20 s, and the body-wave amplitude at
about 1 s period. (Though effective for large enough
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diagram from Bowers andWalter (2002). It can be seen here that
for seismic events of the same Ms value, earthquakes have
a significantly smaller mb value than do the explosions. The
offset is about 0.8 mb units, at Ms = 5. Because magnitudes are
based on logarithmic scales, and 100.8 � 6, it follows that at
frequencies near those at which body wave magnitude is
measured (about 1 Hz), the P-waves from an underground
nuclear explosion are about 6 times larger than such waves from
an earthquake having the same strength of surface waves. Also,
indicated by the red star are the body-wave and surface-wave
magnitudes of an interesting but fortunately rare event, a large
mine collapse with P-wavemagnitude greater than 5. This event,
which plots with the explosion population, is discussed further
below – see Figures 6 and 7.
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events, an explosion with mb much below 4.5 may not
have large enough surface wave signals at teleseismic
distances to apply this method dependably.)


 Use of the observed “first motion” of the ground. Is the
initial P-wave motion of the ground indicative of com-
pression radiated to all directions from the source, lead-
ing to upward motions, as would be the case for
a simple explosion? Or, are dilatations recorded at some
azimuths, leading to downward motions, as would
sometimes be expected from earthquakes but not from
explosions?

The methods described so far in this section have
concerned the use of teleseismic signals, which can be
used to monitor effectively for high magnitudes, and on
down to somewhere in the magnitude range from 4.0 to
4.5. Since the early 1990s, there has been growing recog-
nition of the merits of regional waves, to monitor down to
far lower magnitudes, often well below magnitude 3. The
method is based upon the general observation that explo-
sion signals, when compared to earthquakes, have much
stronger P-waves at high frequency, whereas those from
earthquakes have stronger S-waves (and surface waves).

This modern method is being studied with frequencies
in the range 0.5–20 Hz. and sometimes even higher. An
example is shown in Figure 3 comparing regional signals
of a very small earthquake and a small explosion. The
method has been demonstrated even down to aroundmb 2.

As an important example of this development, Figure 4
shows the results of an analysis of the P-wave and S-wave
spectra, pertinent to identifying the very small under-
ground nuclear explosion conducted by North Korea on
October 9, 2006, and the larger test nearly 3 years later
on May 25, 2009. The smaller explosion took place at
0135 h (GMT) and by 0706 h the US Geological Survey
(USGS) had issued a report based on seismic signals from
20 stations around the world including sites in China,
South Korea, Russia, Japan, Kazakhstan, Kyrgyzstan,
Alaska, and Nevada. Its magnitude, about 4, indicated
a sub-kiloton yield (see Koper et al., 2008, who discuss
the uncertainty of estimating yield in view of the variabil-
ity of seismic signal excitation for shots of different
depth). But from such teleseismic signals, the nature of
the event was difficult to distinguish from an earthquake.
Fortunately, discrimination for events such as this is often
very clear, provided high-quality regional data is
available.

In this analysis, the original seismograms from station
MDJ, located in China, are filtered in eight narrow fre-
quency bands as illustrated in blue in Figure 1, but this
time with bands centered on each of the frequencies from
1, 3, 5, 7, 9, 11, 13, to 15 Hz as indicated for the horizontal
axis in Figure 4. The amplitudes of the Pg and Lg waves
are measured in each narrow band, the amplitude ratio is
formed (the “spectral ratio”), and the quantitative compar-
ison can begin. Figure 4 shows how this ratio varies with
frequency for the set of eight earthquakes, and for the set
of four small chemical explosions. The ratio differs for
these two populations as frequency rises, and the separa-
tion between them is very clear at high frequencies (from
9 to 15 Hz in this case). It is also clear that the spectral
ratios of the signal recorded for the events of 2006 and
2009 are like those of the known chemical explosions.

This successful seismic discriminant based upon
regional waves is important in enabling monitoring capa-
bility to be extended down to lower magnitudes. In prac-
tice, there is often very little difference between the
magnitude thresholds for detection (at enough stations to
enable a useful location estimate), and identification, since
so many regions of the Earth are now monitored to low
magnitude for earthquakes as part of investigations into
seismic hazard. It may take only one regional seismogram
to enable discrimination to be carried out with high confi-
dence (provided the recording is of adequate quality, and
is for a station that has an archive of signals from previous
known earthquakes and explosions).

Along with the use of regional seismic waves and their
spectral ratios at 5 Hz and higher, another discriminant turn-
ing out to be successful at distinguishing between
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earthquakes and explosions is the use of observed seismic
waveforms tomake estimates of the set of forces that appear
to be acting at the seismic source. The set of forces here is
quantified by what seismologists call the moment tensor.
As shown by Ford et al. (2009) from study of numerous
earthquakes and underground explosions, seismic events
separate into specific populations as determined by the
way their moment tensors behave – whether they are more
representative of the all-around (isotropic) features of an
explosion, or of the type of shearing motions more typical
of an earthquake.

In general for underground tests, seismic data alone
cannot distinguish between nuclear explosions, and chem-
ical explosions in which all the material making up the
explosive is fired within less than about a tenth of
a second. But such chemical explosions, if large, are very
rare. In the case of the two North Korea tests, both of
which were announced as nuclear, objective evidence for
the nuclear nature of the 2006 explosion came from sev-
eral different detections of radionuclides that are diagnos-
tic of a nuclear explosion. Such radionuclides were not
detected from the 2009 explosion, which, however, was
so large as to be implausible as a chemical explosion, since
it would have to have consisted of literally thousands of
tons of explosives.

Yield estimation
Yield estimation was of particular importance in the years
following 1974 when a bilateral treaty between the USA
and the USSR was negotiated, intended to go into effect
in 1976. This was the Threshold Test Ban Treaty (TTBT),
limiting the size of underground nuclear explosions
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conducted by these two countries to a yield of not more
that 150 kt. The TTBT proved contentious, with each side
sending the other several inquiries asserting that the
agreed-upon limits had possibly been exceeded
(Timerbaev, undated). But this treaty was finally ratified
in 1990, and has become less important since the CTBT
was finalized and a nuclear testing moratorium by the sig-
natory countries began in 1996. Yield estimation is how-
ever still important as an exercise in the interpretation of
signals from the few underground explosions since that
date, specifically those of India and Pakistan in 1998,
and of North Korea in 2006 and 2009.

For a few tens of underground nuclear explosions, most
of them at the Nevada Test Site, the yield has been
announced by the agency conducting the test. It has there-
fore been possible to calibrate observed seismic magni-
tudes for these tests against the announced yields, and an
example is given in Figure 3 using mb values and yields
reported for Nevada explosions in tuff and rhyolite.

The line mb = 4.05 + 0.75 log (Yield) fits the data well
(yield in kilotons). Such a calibration curve can be applied
to obtain a seismic yield estimate for Nevada explosions
with unannounced yield. But it requires correction, prior
to its use in obtaining a seismic yield estimate for an
explosion at a different site. This must be done, to allow
for physical and geological differences between the sites.
For example, in different rock types there can be different
efficiencies in the coupling of nuclear yield into seismic
energy; and differences in the propagation efficiencies as
seismic waves travel out from the source of interest, as
compared to seismic signals from a Nevada explosion.
In this connection, it is of interest to note mb and yield
for the US nuclear explosion LONGSHOT (conducted in
1965 in the volcanic breccias of an Aleutian island). The
mb value is 5.9, corresponding to a yield of about 300 kt.
if the Nevada curve of Figure 5 is applied directly. But
the announced yield for LONGSHOT is 80 kt. One way
to obtain a calibration curve for the Aleutians is therefore
to add a correction of about 0.4 mb units to the Nevada
values of mb at a given yield, before the curve of Figure 5
is used to supply a seismic yield estimate in this new loca-
tion. This mb correction, for a site differing from that
where a calibration curve is directly available, is called
the bias. If the bias correction is not applied, then
a Nevada magnitude–yield curve can give too high
a seismic yield estimate for a non-Nevada explosion.

Note that the Nevada Test Site is in a region of active
tectonics, with significant episodes of volcanism in the last
few million years, resulting in high temperatures within
the upper mantle, and thus anomalous attenuation of seis-
mic waves propagating through the hot and partially mol-
ten upper layers of the Earth, 100 or 200 km in thickness
beneath the Nevada Test Site. Such propagation through
an attenuating medium is presumed to be a contributing
cause of bias.

The existence of mb bias has long been known in seis-
mology in connection with what is called “station bias.”
By this term is meant the systematic difference between
mean mb values (obtained for a particular seismic event
by averaging reported mb from seismometers all over the
globe), and mb reported by just one station. For example,
the station BMO in Oregon (another region of active tecto-
nism) has reported mb values that for a given earthquake
are typically about 0.3 units below the global average;
and station KJN in Finland (in a stable shield region)
reports values about 0.15mb units higher than the average.
Their station bias values are thus �0.3 and +0.15, respec-
tively. Station bias values commonly range over 0.4 mb
units, so it may be expected that source region bias (which
is what must be applied when a standard mb – yield curve
is used for different source regions) will also range over
about 0.8 mb units.

The nuclear weapons test site of the USSR that
conducted the most underground nuclear explosions
was near the city of Semipalatinsk, in northeastern
Kazakhstan. Several multi-megaton underground explo-
sions were conducted on Russia’s Novaya Zemlya island
test site, far to the north of continental Eurasia (see
Khalturin et al., 2005). But these were all prior to the
intended date of entry-into-force of the TTBT (March
1976). After that date, the magnitude of the largest under-
ground tests at Semipalatinsk rose higher and higher over
several years, with some magnitudes exceeding 6.1. Such
magnitudes, according to the Nevada Test Site formula
discussed above, mb = 4.05 + 0.75 log (Yield), implied
yields great than 500 kt, far in excess of the TTBT limit
(150 kt). Intensive discussion in political and technical
arenas ensued with stronger and stronger evidence accu-
mulating to indicate a substantial test site bias between
the Nevada and Semipalatinsk test Sites. For example, it
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was of great interest that teleseismic signals from the larg-
est underground explosions from these two tests, if
recorded at the same station in a shield region, looked sig-
nificantly different. The teleseismic P-wave from a large
underground explosion at the site in Kazakhstan would
routinely have frequency content at the 5 Hz level and
sometimes higher (Der et al., 1985). The signal from
Nevada would not contain such high frequencies. It was
as if the signal fromNevada had passed through some type
of filter, which of course would reduce its amplitude.
Correcting for that effect would mean that the appropriate
relation between magnitude and yield for an underground
nuclear explosion at Semipalatinsk had the form

mb ¼ 4:05þ biasþ 0:75 log Yieldð Þ;
and Ringdal et al. (1992) andMurphy (1996) amongmany
others concluded that the appropriate formula relating
teleseismic P-wave magnitude and yield at Semipalatinsk
should be this equation with a bias of 0.4. Support for this
conclusion came from many arguments (see Richards,
1988 for a review). But in the political realm, the most per-
suasive was the very practical one associated with a Joint
Verification Experiment of September 14, 1988, in which
a team from the USA at the Semipalatinsk Test Site was
allowed to make close-in measurements (within a few tens
of meters) of a large Soviet underground nuclear explo-
sion, in particular of the speed and extent of the shock
wave it sent out into rock near the source at that test site.
From such shock measurements, a reliable non-seismic
method provided an accurate yield estimate (it was in the
range 100–150 kt). Stations around the world provided
measurements teleseismically, giving a seismic magnitude
around 6.1 – comparable with the largest magnitudes of
Semipalatinsk explosions since 1976, indicating that they
too had been conducted in a way that respected the 150 kt
limit of the TTBT. A reciprocal Joint Verification Experi-
ment had been conducted at the Nevada Test Site, on
August 17, 1988 with a Russian team making its own
close-in measurements of the shock wave from a large
US underground nuclear test intended to be in the range
100–150 kt. According to many news reports, the yield
of this explosion slightly exceeded 150 kt. Timerbaev
(undated) and news reports give it as 180 kt.

Problem events
The work of monitoring – for both earthquakes and explo-
sions – is done in practice by hundreds of professionals
who process the vast majority of seismic events routinely,
and who also look out for the occasional events that, in the
context of monitoring for the possibility of underground
nuclear explosions, exhibit interesting characteristics,
and which may then become the subject of special study.

These special events have stimulated the development of
effective new discrimination techniques and a better appre-
ciation of overall monitoring capability. Examples include
a mine collapse in 1989 in Germany and two such collapses
in 1995, in the Urals (Russia) and in Wyoming (USA);
a small earthquake of magnitude 3.5 and its smaller after-
shock in 1997 beneath the Kara Sea near Russia’s former
nuclear test site on Novaya Zemlya; and two underwater
explosions in 2000 associated with the loss of a Russian
submarine in the Barents Sea; the series of nuclear explo-
sions carried out by India and Pakistan in 1998; and the
nuclear tests conducted by North Korea in 2006 and 2009.

The mining collapses were seismically detected all
over the world. For example, stations that detected the
Wyoming event of 1995 are indicated in Figure 6. Mining
collapses such as these have caused concern because their
mix of surface waves and body waves as recorded
teleseismically can appear explosion like using the classi-
calMs:mb discriminant, as shown in Figure 2. But a careful
analysis of regional and teleseismic waves from these
events has showed that although the surface waves were
quite weak, and in this respect seemed explosion like, they
had the wrong sign. Therefore the motion at the source
was implosive (the ground had moved inward toward the
source) rather than explosive. Indeed, mining collapses
are an implosion phenomenon, and it was important to
learn that their implosive nature could be reliably deter-
mined from seismic recordings. Teleseismic waveforms
from the Wyoming mine collapse are shown in Figure 7.
This is an example of the use of what seismologists call
the “first motion” of the P-wave, which is clearly down-
ward in these data.

The Kara Sea earthquake was too small to apply the
Ms: mb discriminant (the surface waves were too small to
measure reliably). This event showed the importance of
accurate locations, and of using spectral ratios of region-
ally recorded P-waves and S-waves to discriminate small
events (Richards and Kim, 1997).

As we have discussed earlier, the North Korea nuclear
test of 2006 was of interest as an example of a nuclear
explosion that was promptly detected globally, though its
yield has been estimated at less than 1 kt. This event
required regional seismic data in order to determine that
indeed an explosion had been carried out and that the sig-
nals were not from an earthquake. Subsequently, xenon
radionuclides were detected that decisively identified the
explosion as nuclear.
Evasion
Several methods have been proposed, by which under-
ground explosions might be concealed. One method is
simply to make them small enough; but then there would
be relatively little to learn, from the point of view of
a weapons designer. The more important methods are
those which combine as many features as possible,
designed to reduce seismic signal-to-noise ratios at all rel-
evant monitoring stations. Proposed methods include:
emplacement of the nuclear device in material such as
dry alluvium, to reduce the coupling of explosion energy
into seismic signal (but that method is likely to result in
leakage of detectable radioactivity); waiting until
a sufficiently large natural earthquake occurs fairly near
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a test site (which presents the formidable challenge of
identifying the event within a few minutes of its occur-
rence as large enough, and then within a couple of minutes
executing the weapons test so that its seismic signals
would hopefully be swamped by the large and prolonged
signals from the earthquake); and setting off a sequence
of several explosions that are designed to simulate
a natural earthquake signal.

Careful study of each of these methods indicates that
they are relatively ineffective in comparison with the
methods known as cavity decoupling and mine masking,
which we next discuss, and which are widely regarded
as setting the practical levels down to which seismic mon-
itoring of nuclear explosions is possible.

When an underground explosive device is tightly
packed into its hole (“tamped” or “fully coupled”), and is
detonated at sufficient depth to contain all radioactive
products, a shock wave travels some distance from the
shot-point out into the surrounding rock at speeds that
exceed the normal P-wave speed. This nonlinear phenom-
enon reduces at sufficient distance from the shot-point,
and thereafter the wave propagation can be regarded as
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elastic. The so-called “elastic radius” for a tamped explo-
sion, i.e., the radius beyond which wave propagation is
linear, is roughly 100 meters times the cube root of the
yield (in kilotons).

If the explosion is set off inside a large underground
cavity instead of being tamped, then the shock wave set
up in the rock can be weakened or even eliminated, in
which case only elastic waves are radiated. The explosion
is said to be fully decoupled if only elastic waves result,
and theoretical work reported in 1959 has addressed the
question of how much weaker the seismic signal might
be made. Theoretical work has indicated that signals could
thereby be reduced by factors in the range 50–100, com-
pared to a tamped explosion. The cavity radius itself is
the “elastic radius” for a fully decoupled shot. For salt,
the cavity radius required for full decoupling has been esti-
mated at about 25 m times the cube root of the yield (in
kilotons). For hard rock, the cavity size for full decoupling
is comparable; for weak salt it is somewhat greater.
See Sykes (1996) for further discussion, and Denny and
Goodman (1990) for estimates of the decoupling factor
derived from the practical experience in 1966 of carrying
out a small nuclear explosion (about 0.38 kt) in the cavity
produced by a tamped shot of 5.3 kt conducted 2 years ear-
lier in a Mississippi salt dome. They conclude that the
amplitude reduction is about 70, at low frequencies, for
salt. At frequencies that have conventionally been used
for seismic monitoring, the seismic signal strength is pro-
portional (very roughly) to the volume within the elastic
radius. This volume is substantially reduced by fully
decoupling, which is the reason why cavity decoupling
has been proposed as offering the technical possibility of
a clandestine program of nuclear testing. However, the
signal strength is not nearly so strongly reduced, by
decoupling, at frequencies above that associated with
resonances of the internal surface at the elastic radius. In
practice, the frequency above which decoupling is likely
to be substantially less effective is around 10–20 Hz,
divided by the cube root of the yield (in kilotons). The
overall effect on the seismic signals from a fully
decoupled shot of yield Y, given the results of Denny and
Goodman, is to make these signals look like those from
a tamped shot of yield Y/70.

A thorough discussion of decoupling as an evasion sce-
nario would have to include several non-seismological
considerations. These include: the military significance
of being able to carry out nuclear tests up to various
different yield levels (e.g., 0.1, 1, or 10 kt.); and the polit-
ical consequences if a clandestine test program were
uncovered. Technical considerations include methods of
(clandestine) cavity construction, and the capabilities of
non-seismological surveillance techniques. Leakage
of radioactivity from an underground cavity would be
a challenge, given that much of the energy of
a decoupled explosion goes into pumping up the pressure
in the cavity. While some assert that clandestine use of
cavity decoupling would be so difficult to execute that it
belongs to the realm of fantasy, others have been per-
suaded that the risk might indeed be manageable, and that
estimates of concealable yields, under this evasion sce-
nario, must be made. The NAS (2002) report describes
ten “layers of difficulty” with successfully hiding an
underground nuclear explosion via cavity decoupling,
concluding that even a nation committing significant
resources to this work could not have confidence in being
able to get away with tests above 1 or 2 kt.

The evasion scenario known as mine masking hypoth-
esizes the execution of an underground nuclear weapon
test explosion in a mining region, concurrently with
a large mine blast. Such blasts in a big commercial opera-
tion consist of hundreds of separate charges, fired in
sequence to break and/or move as much rock as possible,
in a procedure known as ripple-firing (Khalturin et al.,
1998). Regardless of the logistical difficulties of such
a scenario, estimates of the possibilities of concealment
via this approach can come from taking examples of sig-
nals from large mine blasts, and signals from small under-
ground nuclear explosions, then adding them together
before subjecting them to the methods used to discrimi-
nate between various types of seismic events. What is
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typically found, is that the maximum size of the identifi-
able waves (e.g., the P-waves) from the mine blast is about
that expected from individual sub-blasts (commonly
called “delays”), and these amplitudes are spread out over
a longer time in seismograms.

A study of mine masking possibilities by Smith (1993)
used several different examples of mine-blast seismograms
together with single-fired explosion records, and found
a number of features that could be used to identify
a simultaneous shot within a ripple-fired blast. He con-
cluded that to conceal a single-fired deep detonation (depth
is required for containment of radionuclides), the single
explosive shot should not exceed 10%of the total explosive.

The conclusion here is that mine blasts are not effective
for concealing large releases of energy at the level associ-
ated with kiloton-scale nuclear weapons tests, unless the
nuclear explosion were subject to efforts at decoupling.
Again non-seismic considerations arise, including an
assessment of the plausibility of carrying out a compli-
cated decoupled and masked nuclear explosion at the
same time and location as a large mine blast that would
itself attract some level of monitoring attention – particu-
larly if the seismic signals seemed unusual in comparison
with those from prior blasting in the region.
Event detection capability of the international
monitoring system
In 1976, a group of international scientists was established
at the Conference on Disarmament in Geneva, for the
study of monitoring technologies and data analysis
methods in the context of supporting a future test ban
treaty. This group of scientific experts (GSE) played an
essential role in laying the scientific groundwork for the
final stage of CTBT negotiations conducted from 1994
to 1996. Prior to the negotiation, GSE organized a series
of technical tests – GSETT-1 in 1984, GSETT-2 in 1991,
and GSETT-3 in 1995. These tests contributed signifi-
cantly to the development of the international system
being built today to support treaty verification.

The finalized sections of the CTBT include an extensive
description of networks to monitor treaty compliance using
hydroacoustic, infrasound, and radionuclide technologies
as well as seismological methods. The CTBT Organization
(CTBTO) operates an International Monitoring System
specified in treaty text, as well as an International Data Cen-
tre to analyze signals sent via satellite to headquarters in
Vienna. Extensive descriptive material on these networks
is available online (see http://www.ctbto.org).

To implement the CTBT seismic monitoring system,
a sequential four-step process is needed to build each sta-
tion (CTBTO PrepComm, 2009): (1) Site survey,
(2) Installation, (3) Certification, and (4) Operation. It
must be demonstrated for IMS stations that data received
at the International Data Centre (IDC) are authentic. This
is achieved through a special digital “signature” embedded
in the data flow from each station. The IMS station must
be certified to ensure that all of its equipment,
infrastructure, and settings meet the technical specifica-
tions set by the CTBTO, and to also ensure that all data
are transmitted to the IDC through the Global Communi-
cation Infrastructure (GCI) in a timely manner.

Here, we note that the primary seismographic network
is to consist of 50 stations, many of them arrays; and that
location estimates are based upon detection of signal at
3 stations or more. An auxiliary network of 120 continu-
ously operating stations is to provide seismic waveform
data, again via satellite, in order to help characterize the
events detected by the primary network. Although these
two networks are not completely built (as of 2010), there
are enough stations operating to provide good indications
of what the detection capability will be when all stations
are installed and providing data.

Figure 8 showsmaps of the detection capability of the pri-
mary seismic network of the IMS. The upper figure shows
the actual capability of 38 operating stations based upon
experience in the year 2007. The lower figure shows how
much this capability is expected to improve when 11 addi-
tional stations are operational,most of them inEurasia. Capa-
bility is expressed in terms of magnitude thresholds, above
which 90% of the seismic events are expected to be detected
at enough stations to provide a location estimate. Thework of
identifying events is left to member states. This work is not
just a technical matter since it is a political act for one country
to make an allegation that another country has committed
a treaty violation. The evidence in support of such an allega-
tion can come from the IMS and IDC, as well as from the
National Technical Means of member states, and/or from
a subset of the thousands of seismographic stations operated
around theworld for purposes not directly related tomonitor-
ing for nuclear explosions.
Summary
We have described the basic steps in monitoring nuclear
explosions, and have emphasized the seismic monitoring
system specified by the Comprehensive Nuclear Test
Ban Treaty of 1996.

When the treaty was being negotiated, the goal for the
International Monitoring System was that it be capable of
detecting and identifying treaty violations – nuclear explo-
sive tests – at the 1 kt level and higher, if they were not eva-
sively tested. Recognizing that a 1 kt underground nuclear
explosion has a magnitude in the range about 4–4.5, if it
is conducted in the way that almost all the more than
1,500 prior underground nuclear explosions were carried
out (i.e., well tamped and not with intent to reduce the sig-
nals picked up by monitoring networks), the evidence from
Figure 8 is that this design capability has been significantly
exceeded. For almost the entire northern hemisphere,
including Eurasia and North America, capability is good
down to about magnitude 3.3. This corresponds to a yield
of less than 100 t (0.1 kt) for a well-tamped explosion in
hard rock. Only time will tell whether this capability, com-
bined with other monitoring assets, is deemed adequate to
support entry into force of the CTBT.
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Acronyms
CTBT–Comprehensive Test Ban Treaty or

Comprehensive Nuclear-Test-Ban Treaty (its formal
name)

CTBTO–CTBT Organization
IDC–International Data Centre (of the CTBTO)
IMS–International Monitoring System (of the CTBTO)
LTBT–Limited Test Ban Treaty
TTBT–Threshold Test Ban Treaty
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Definition
Seismic noise. Noise is the undesirable part of seismic data
that is not signal, and signal is what fits our conceptual
model.
Multiple. A seismic event that experiences more than one
reflection in the subsurface.
SNR. Signal-to-noise ratio – is a measure of strength of
signal compared to noise, and it is a measure of seismic
data quality.
Active seismic. Seismic data recordings of artificial man-
made sources such as dynamite and vibroseis in land sur-
veys and air gun in marine surveys. Example: exploration
and engineering seismology.
Passive seismic. Seismic data recordings of natural
sources such as earthquake, solar waves, and ocean waves.
Example: earthquake seismology.
Introduction
Seismic noise comprises all of the unwanted recorded
energy that contaminates seismic data. A part of the seismic
energy is considered noise if it does not fit the conceptual
model of seismic signal. Seismic noise can be random or
coherent. The identification of seismic noise depends on
the type of data analysis and the type of data available –
a part of data treated as noise in one application can be sig-
nal in another application. For example, the S-wave energy
is generally considered noise in a P-wave processing pro-
ject; vice versa, the P-wave energy is considered noise in
an S-wave processing project.

Historically, only the traveltime information of the seis-
mic data was used to study the subsurface. For example,
the knowledge about the earth’s deep interior was primar-
ily derived from seismic traveltime information recorded
during deep earthquakes. Also, only the traveltime infor-
mation was used to derive the structural image of subsur-
face for exploration projects. As seismic technology has
advanced and the appetite for understanding complicated
geological features has increased, there has been a push
toward technologies using the complete waveforms
(amplitude and traveltime) in seismic analysis. Full wave-
form inversion technology (Tarantola, 1986) is one such
example that uses the complete waveform to estimate
properties of the subsurface from the seismic data. The
success of such technologies is understandably very
dependent on clean, noise-free seismic data.

It is essential that seismic data are carefully processed
to derive high quality seismic images (see Yilmaz, 2001
for seismic data processing). One of the major challenges
in seismic data processing is to separate noise from signal
or to attenuate noise. In practice, noise cannot be
completely attenuated and occasionally it is not even
desired to attenuate noise but to use it as signal. The objec-
tive of the noise attenuation or noise separation process in
seismic data processing is to enhance signal-to-noise ratio
(SNR). There have been significant progress in data
processing to improve SNR; advances have been made
in random noise attenuation (Yilmaz, 2001) and coherent
noise attenuation (see Weglein and Dragoset, 2005 for
multiple attenuation methods).

Recently, there have been various efforts to use seismic
noise as signal, for example: (1) using multiple reflected
energy (multiples) in seismic migration and inversion to
image subsurface; and, (2) using very low and very high
frequency passive seismic signal for reservoir monitoring.
In the following sections, we write brief descriptions about
the types of seismic noise, the noise attenuation tech-
niques, and how seismic noise can be useful.
Types of seismic noise
There are two types of seismic noise: random noise and
coherent noise. In a multichannel seismic dataset, random
noise does not correlate either with the neighboring chan-
nels (i.e., no spatial correlation) or along the same channel
(i.e., no temporal correlation). Coherent noise, however, is
part of the data that correlates spatially and/or temporally.
Random noise is easier to attenuate during seismic data
processing. Coherent noise is difficult to attenuate in
processing; therefore, residual coherent noise can interfere
with real signal and be misinterpreted as signal. The possi-
ble sources of these seismic noises can be placed under
four categories: (1) ambient sources, (2) wave propagation
related noise, (3) data acquisition related noise, and
(4) data processing artifacts. The severity and types of
noise can differ between marine and land acquisition
environment.

Ambient noise is the noise from unwanted sources like
wind, swell, power line, activities on nearby road, surface
facility, marine activities like ships and marine animals,
and other cultural noise. Ambient noise can be present in
various forms on seismic data, such as linear features,
localized very high amplitude response, and mono-
frequency events. Ambient noise can be random noise
and coherent noise.

Wave propagation related noise includes the surface
waves, multiples, and geologic noise. Seismic response
for an active source survey include primary reflection
event (e.g., incident P-wave reflected back as P-wave),
refraction, ground roll, mode converted event (e.g., inci-
dent P-wave reflected as S-wave), and several events
reflected multiple times in the subsurface (multiples). In
reflection seismology, we are interested in P-wave (and/
or S-wave) primary reflections. All the other coherent
energies recorded are considered noise. Multiples are con-
sidered the major source of coherent noise in the seismic
experiment and are really difficult to attenuate. Wave
propagation related noise also includes seismic response
from unwanted geology (complicated stratigraphy,
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shallow gas, and faults) not considered in seismic analy-
sis; they are known as geologic noise.

Data acquisition related noise is due to poor source and
receiver coupling to the earth, source and recording instru-
ments-generated noise, and acquisition footprint related to
the acquisition design. Noise from poor coupling and
noise related to instruments can be easily identified and
attenuated. Acquisition footprint related to the acquisition
design, observed as linear trend in seismic amplitude map
view, is common in seismic data and can be suppressed in
processing.

Seismic data processing is another source of noise in
processed seismic data. There are various factors affecting
seismic reflection amplitude that do not contain subsur-
face information (Sheriff, 1975), but it is impossible to
correct for all the factors affecting amplitudes. Many
approximations and assumptions are made in seismic data
processing depending on computer resources availability,
project timeline, understanding of the physics of wave
propagation, and the type of seismic data available. Some
of these factors may alter the data and may introduce noise
in the recorded data. Some examples are: (1) noise
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angle gather for AVA analysis with angle (in degrees) as x-axis and
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first panel (a) and the second panel (b). On the top of angle gather
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strong amplitudes at far angles are residual data after NMO. Thus, pa
in (b) is noise in AVA analysis) due to imperfect seismic velocity an
marked at 3,100 ms across three gathers for residual data).
introduced in seismic data due to poor multiple attenuation
and poor normal move-out (NMO) correction (Figure 1);
(2) noisy subsurface image due to imperfect velocity
model used and/or approximate physics used for
migration; (3) noise introduced due to inaccurate
amplitude calibration of the raw amplitudes from the
processed seismic data with synthetics seismic amplitude
for quantitative AVO/AVA (amplitude variation with off-
set/angle) analysis; (4) artifacts introduced from the pro-
cess of frequency enhancement to broaden frequency
bandwidth for better depth resolution; and (5) artifacts
introduced from the process of interpolation and regulari-
zation to compensate for the irregular acquisition
geometry.

Enhancing signal over noise
There is always some noise present in the seismic data.
Figure 2 schematically shows amplitude spectra of various
seismic signals and noise, and noise is present in the whole
signal bandwidth. Thus, the objective is to enhance SNR
by noise attenuation or separation so that data can be effec-
tively used for analysis. An important step in noise
c
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Seismic Noise, Figure 2 Schematic amplitude spectrum: for
conventional broadband seismic data (active seismic for
exploration range 10–60 Hz, and passive seismic for earthquake
range from 10–100 Hz), low frequency passive seismic data
(typically less than 10 Hz), high frequency passive seismic
(microseismic) data (typically 30–300 Hz), and noise. Because
noise is present at all frequencies, there is a need to do noise
attenuation so that we get signal-to-noise ratio greater than 1.
Spectrum is plotted for near zero frequency to Nyquist
frequency. Nyquist frequency is the highest frequency without
aliasing; beyond this frequency signal cannot be reliably
estimated. Note that passive low and high frequency data can be
treated as noise in broadband seismic data.
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attenuation/separation is to identify signal from noise.
White (1984) discusses spectral methods for signal and
noise estimation on seismic reflection data. Kanasewich
(1990) and Chapter 6 of Yilmaz (2001) have good discus-
sion on noise and multiple attenuation methods with data
examples. Noise level in data compared to signal can be
estimated as the ratio of autocorrelation of data to a cross
correlation of data. This is because autocorrelation of data
represents both signal and noise but cross correlation of
data with a representative signal trace (can be local partial
stack of data) represents signal in data. Signal and noise
separation process can be broadly divided into two
methods: prediction based methods and separation based
methods. By performing seismic simulation over
a known (conceptual) model and comparing synthetics
to the field seismic data, signal and noise can be identified
on data, and therefore noise can be attenuated. Also, signal
and noise representation differs in different data domains.
Therefore, a suitable data domain can be identified for the
optimum separation of the two. Figure 3 schematically
shows various seismic events for a three-layer model in
native acquisition (X-T) domain and transformed
domains: (1) X-T domain (represents spatial-time
domain), (2) F-K domain (represents frequency – wave
number domain), and (3) t-p domain (representing zero-
offset traveltime – ray parameter domain). The key to suc-
cessful noise attenuation is large separation between
signal and noise in a specific data domain. Different types
of noise may require different domains for better separa-
tion between signal and noise. For example, a linear event
on a shot gather (X-T domain) maps to a radial line in the
F-K domain and it maps onto a point in the t-p domain,
and thus can be rejected by F-K filtering and t-p filtering,
respectively. Caution should be observed while
performing the forward and inverse transforms, as some
implementations may not be completely reversible and
may also introduce artifacts.

Random noise is not correlated and can be attenuated
easily during data processing. One of the most robust
methods to attenuate random noise on multichannel data
by a factor of square root of N is by stacking (compositing)
data from N channels. If prestack data is needed, however,
F-X deconvolution (predictive deconvolution) is effective
in random noise attenuation, where F-X corresponds to
frequency – space domain. Deconvolution operation
(Yilmaz, 2001) is designed in space domain to predict
coherent signals, and then coherent signals can be
subtracted from the seismic record.

Coherent noise is relatively more difficult to attenuate.
An appropriate data domain (Figure 3) can be selected to
distinguish signal from noise using the noise characteris-
tics, like velocity and frequency. Radon filtering in t-p
domain and wavelet transform filtering in F-K domain is
very effective method for coherent noise attenuation. In
many field data cases, signal and noise are not well sepa-
rated in any data domain and therefore it is very difficult
to attenuate the noise. Recently a version of F-K filtering
called Curvelet transform filtering has shown better results
for both random and coherent noise attenuation
(Neelamani et al., 2008). Multiples are example of coher-
ent noise present in the data. There has been extensive
research in the field of multiples suppression. The surface
related multiple elimination (SRME) has been heavily
relied upon to suppress multiples (Berkhout and
Verschuur, 1997). This technique is based on the station-
ary phase theory of the seismic signal and the multiples
are predicted by convolving traces with one another and
then stacking these convolved traces.

Another way to have better SNR in seismic data is via
improved seismic acquisition techniques. There have been
various developments in seismic acquisition on land and
in marine environment. For example, over/under marine
seismic acquisition promises better SNR in both low and
high frequency range (Moldoveanu et al., 2007). In over/
under towed-streamer acquisition pairs of streamer are
deployed at two different depths in the same vertical
plane. Other advances in seismic acquisition promise
cleaner and better seismic images, for example,
Multicomponent Ocean Bottom recording, Wide Azimuth
recording, and Simultaneous Sources recording. The mul-
tiples suppression is strongly dependent on the acquisition
effort. For example, the suppression of multiples in the
case of Wide Azimuth acquisition is the result of
a natural weighting of the traces going into the stack
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because of the areal nature of the acquisition (VerWest and
Lin, 2007).

Some noise will always remain in the seismic data even
after careful seismic processing. Also, there are some
noises that are still not understandable and difficult to
attenuate. Therefore, it is important to incorporate noise
in the seismic data analysis – for example, in seismic
inversion the data should not be over fitted as it might be
fitting the noise.

Use of noise as signal
There have been significant efforts recently to use all of
the recorded energy in the seismic data. Traditionally, only
the primary reflection wavefield is used in reflection seis-
mic imaging, while the multiple/ghost is discarded. How-
ever, the ghost/multiples can be used as signal, for
example, as an input to mirror migration (Verm, 1987) to
produce superior shallow images for the sparse receiver
ocean bottom data where illumination holes deteriorate
the primary images (Clarke et al., 2006; Dash et al.,
2009). Note that multiples are also generated from the
same source as primary, they travel longer paths and con-
tain more information than primary, and therefore in some
circumstances multiples can be more useful than pri-
maries. Full waveform inversion is another technique that
uses both the primary and the multiples to invert for the
subsurface parameters more effectively.
Multiples have also been used to interpolate for missing
near offsets in seismic recording using the technique of
interferometry (Schuster, 2009). Seismic interferometry
can also be used to extract primary signal from back-
ground noise and multiples by simply cross-correlating
recorded data at two different stations (Sabra et al.,
2005; Curtis et al., 2006; Draganov et al., 2007).

Some new seismic acquisition methods have been
useful in using conventional multiples to improve SNR
and/or extract primary. For example, over/under towed-
streamer acquisition technology uses multiples to improve
seismic data quality (Moldoveanu et al., 2007), and
there is a possibility to estimate primaries from surface
multiples from data recorded with simultaneous
sources also called blended data (van Groenestijn and
Verschuur, 2010). In the simultaneous source acquisition
(Berkhout, 2008; Hampson et al., 2008) multiple sources
are fired in a short time interval to speed up the
acquisition.

Converted S-wave data, regarded as noise in reflected
P-wave data imaging, has been quite successful in imag-
ing gas reservoirs and areas where we have shallow gas
anomalies (Tatham and McCormack, 1991). The property
that S-wave does not get as attenuated as P-wave when the
wavefield travels through these porous medium helps cre-
ate better images through pure S-wave or converted
S-wave imaging.
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Low frequency earth’s ambient passive response
caused by natural phenomenon (such as wind, ocean
waves, and human-made noise) and high frequency pas-
sive seismic response due to small earthquakes (micro-
seisms) caused by induced fractures in a petroleum
reservoirs are considered noise in a broadband active seis-
mic data, but they can be effectively used to study subsur-
face. Low frequency earth’s ambient noise can be used to
extract signal (Draganov et al., 2007), and the low fre-
quency passive seismic anomaly can be correlated with
the presence of hydrocarbon (Saenger et al., 2009); how-
ever the research is still in its early stages. High frequency
passive seismic data (also called microseismic data) are
effectively used in hydraulic fracture monitoring
(Warpinski, 2009) by locating microseisms induced by
hydrocarbon production related activities.
Summary
Seismic noise is an integral part of the seismic record and
is defined as all unwanted seismic energy on data. It can be
divided into two categories: random and coherent noises.
Random noise is not correlated among traces and is easier
to attenuate compared to coherent noise that is spatially
and/or temporally correlated. Multiples and geologic
noise that are coherent noise are more difficult to attenuate
and often interfere with seismic signal and makes seismic
analysis challenging. Strategies for seismic noise attenua-
tion are needed to preserve the seismic signal of interest
and to improve signal-to-noise ratio (SNR). The success
in noise attenuation lies in identification and then separa-
tion or prediction of signal and noise. Transformation of
data to different data domains (X-T, F-K, t-p, curvelet,
wavelet domains) have helped in better separating noise
from signal. Wave-equation extrapolations, inverse scat-
tering methods, surface related multiple elimination,
deconvolution, etc., model the noise and/or data in the
process of noise attenuation. Advances in seismic data
acquisition and processing have been made to improve
SNR. Recently various efforts have been made to use
noise as signal and are an active topic of research. This
includes using multiples as well as primaries in seismic
migration and inversion, and using low and high fre-
quency passive seismic data in imaging subsurface.
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Introduction
The working group (hereinafter WG) on the Standard
Seismic Phase Names was set up by the IASPEI Commis-
sion on Seismological Observation and Interpretation
(CoSOI) in 2001. TheWGwas chaired by D. A. Storchak,
and included R. D. Adams, P. Bormann, E. R. Engdahl,
J. Havskov, B. L. N. Kennett, and J. Schweitzer. The
WG put together a modified standard nomenclature of
seismic phases that was meant to be concise, consistent,
and self-explanatory on the basis of agreed rules. The list
was not meant to satisfy specific requirements of seismol-
ogists to name various phases used in a particular type of
research. Instead, it was hoped that the new list would
ensure an expanded standardized data reporting and
exchange by data analysts and other users. After numerous
consultations with the seismological community, the
Standard Seismic Phase List was finalized and adopted
by the CoSOI/IASPEI at its meeting in Sapporo on
July 04, 2003.

The original list of standard seismic phase names was
first published as part of the NewManual of Seismological
Observatory Practice (Storchak et al., 2002) and then the
version formally approved by the IASPEI was published
in the Seismological Research Letters (Storchak et al.,
2003). Various updates to the list were required due to pro-
gress in observational seismology and relevant changes in
other observational standards. This article accommodates
the advances made in the nomenclature since its last
publication.

The new nomenclature partially modified and
complemented an earlier one published in the old edition
of the Manual of Seismological Observatory Practice
(Willmore, 1979). It is more in tune with modern
Earth and travel-time models. As opposed to former
practice, the WG tried to make sure that the phase name
generally reflects the type of wave and the path it has
traveled. Accordingly, symbols for characterizing onset
quality, polarity, etc., are no longer part of the phase
name. The WG was also aware that seismic phases
exist that are common in some regions but are only
rarely or not found in other regions, such as Pb, PnPn,
PbPb, etc.

The extended list of phase names as presented below
reflects significantly increased detection capabilities
of modern seismic sensors and sensor arrays, even of
rather weak phases, which were rarely observed on the
classical analog records. It also accounts for improved
possibilities of proper phase identification by means
of digital multi-channel data processing such as fre-
quency-wave number (f-k) analysis and polarization filter-
ing, by modeling the observations with synthetic
seismograms or by showing on the records the theoreti-
cally predicted onset times of phases. Finally, the newly
adopted IASPEI Seismic Format (ISF) (www.isc.ac.uk/
doc/code/isf/isf.pdf) is much more flexible then the older
formats previously used by the ISC, the NEIC, and other
data centers. It also allows reporting, computer parsing,
and archiving of phases with long or previously uncom-
mon names. ISF also accepts complementary parameters
such as onset quality, measured back azimuth and slow-
ness, amplitudes and periods of other phases in addition
to P and surface waves, for components other than vertical
ones, and for instruments with nonstandard response
characteristics.

This increased flexibility of the parameter-reporting
format requires improved standardization, which limits
the uncontrolled growth of incompatible and ambiguous
parameter data. Therefore, theWG agreed on certain rules.
They are outlined below prior to the listing of the
standardized phase names. To facilitate the understanding
of the phase names, ray diagrams are presented below.
They have been calculated for local seismic sources
on the basis of an average one-dimensional two-layer
crustal model and for regional and teleseismic
sources using the global 1D Earth model AK135 (Kennett
et al., 1995).

Before assigning abbreviated shortcut seismic phase
names, one should agree first on the language to be used
and its rules. As in any other language, we need
a suitable alphabet (here plain Latin letters), numbers
(here Arabic numbers and +/� signs), an orthography,
which regulates, for example, the use of capital and lower
case letters, and a syntax, that describes the rules of correct
order and mutual relationship of the language elements.
One should be aware, however, that like any historically
developed language, the seismological nomenclature will
inevitably develop exceptions to the rules and depend on
the context in which it is used. Although not fully
documented below, some exceptions will be mentioned.
Note that our efforts are mainly aimed at standardized
names to be used in international data exchange so as to
build up unique, unambiguous global databases for
research. Many of the exceptions to the rules are related
to specialized, mostly local research applications. The
identification of related seismic phases often requires spe-
cialized procedures of data acquisition and processing that
are not part of seismological routine data analysis. Also,
many of these exceptional phases are rarely or never used
in seismic event location, magnitude determination,
source mechanism calculations, etc., which are the main
tasks of international data centers. We focus, therefore,
on phases that are particularly important for seismological
data centers as well as for the refinement of regional and
global Earth models on the basis of widely exchanged
and accumulated parameter readings. In addition, we
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added references to the first definition of some wave types
and phase names.

Standard letters, signs, and syntax used for
describing seismic phases
Capital letters
Individual capital letters that stand for primary types of
seismic body waves include:
P:
 Longitudinal wave that has traveled through the
Earth’s crust and mantle, from undae primae
(Latin) = first waves (Borne, 1904)
K:
 Longitudinal wave that has traveled through the
Earth’s outer core, K, from Kern (German) =
core (Sohon, 1932; Bastings, 1934)
I:
 Longitudinal wave that has traveled through the
Earth’s inner core (Jeffreys and Bullen, 1940)
S:
 Transverse wave that has traveled through the
Earth’s crust and mantle, from undae secundae
(Latin) = second waves (Borne, 1904)
T:
 Wave that has partly traveled as sound wave in the
sea, from undae tertiae (Latin) = third waves
(Linehan, 1940)
J:
 Transverse wave that has traveled through the
Earth’s inner core (Bullen, 1946)
Exceptions

 A capital letter N used in the nomenclature does not

stand for a phase name but rather for the number of legs
traveled (or N-1 reflections made) before reaching the
station. N should usually follow the phase symbol to
which it applies. For examples see syntax below.


 The lowercase letters p and s may stand, in the case of
seismic events below the Earth’s surface, for the rela-
tively short upgoing leg of P or S waves, which con-
tinue, after reflection and possible conversion at the
free surface, as downgoing P or S wave. Thus seismic
depth phases (e.g., pP, sP, sS, pPP, sPP, pPKP, etc.) are
uniquely defined. The identification and reporting of
such phases is of utmost importance for source depth
determination (Scrase, 1931; Stechschulte, 1932;
Gutenberg et al., 1933; Macelwane et al., 1933).


 Many researchers working on detailed investigations of
crustal and upper-mantle discontinuities denote both
the up- and downgoing short legs of converted or mul-
tiply reflected P and S phases as lowercase letters p and
s, respectively.

Individual or double capital letters that stand for surface
waves include:
L:
 (Relatively) long-period surface wave,
unspecified, from undae longae (Latin) = long
waves (Borne, 1904)
R:
 Rayleigh waves (short- to very long-period waves
in crust and upper mantle) (Angenheister, 1921)
Q:
 Love waves, from Querwellen (German) =
transverse waves (Angenheister, 1921)
G:
 (Very long-period) global (mantle) Love waves,
firstly observed and reported by Gutenberg and
Richter (1934); in honor of Gutenberg, Byerly
proposed the usage of G for these waves
(Richter, 1958)
LR:
 Long-period Rayleigh waves, usually relating to
the Airy phase maximum in the surface wave
train
LQ:
 Long-period love waves
Lowercase letters and signs
Single lowercase letters generally specify the part of
Earth’s crust or upper mantle in which a phase has its turn-
ing point or at which discontinuity it has been reflected
and/or eventually converted:
g:
 Following the phase name characterizes
waves “bottoming" (i.e., having their turning
point in case of P or S body waves) or just
travel (surface waves) within the upper
(“granitic") Earth’s crust (e.g., Pg, Sg; Rg),
(Jeffreys, 1926)
b:
 Following the phase name characterizes body
waves bottoming in the lower (“basaltic")
Earth’s crust (Jeffreys, 1926) (e.g., Pb, Sb;
alternative names for these phases are P*, S*,
(Conrad, 1925))
n:
 Following the phase name characterizes a P or
S wave that is bottoming or traveling as head
wave in the Earth’s uppermost mantle (e.g., Pn,
Sn), introduced after Andrija Mohorovičić
discovered the Earth’s crust and separated the
crustal travel-time curve from the normal (=n)
mantle phase (Mohorovičić, 1910)
m:
 (Upward) reflections from the outer side of the
Mohorovičić (Moho) discontinuity (e.g., PmP,
SmS)
c:
 Reflections from the outer side of the core-mantle
boundary (CMB), usage proposed by James B.
Macelwane (see Gutenberg, 1925)
i:
 Reflections from the outer side of the inner core
boundary (ICB)
z:
 Reflections from a discontinuity (other than free
surface, CMB or ICB) at depth z (measured in
km). Upward reflections from the outer side of
the discontinuity may additionally be
complemented by a + sign (e.g., P410 + P; this,
however, is not compulsory) while downward
reflections from the inner side of the
discontinuity must be complemented by a �
sign (e.g., P660�P)
An exception from these rules is the use of lowercase
p or s to indicate arrivals of longitudinal or transverse
waves that were first radiated to go up toward the free sur-
face to be reflected/converted back into the Earth as nor-
mal P or S waves (see near source surface reflections
and conversions section of the phase list below).

Double lowercase letters following a capital letter phase
name indicate the travel-time branch to which this phase
belongs. Due to the geometry and velocity structure of the
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Earth, the same type of seismic wave may develop
a triplication of its travel-time curve with different, in some
cases, well-separated, branches. Thus, it is customary to dif-
ferentiate between different branches of core phases and
their multiple reflections at the free surface or the CMB.
Examples are PKPab, PKPbc, PKPdf, SKSac, SKKSac,
etc. The separation of the different PKP brancheswith letters
ab, bc, and df was introduced by Jeffreys and Bullen (1940).

Three lower case letters may follow a capital letter
phase name to specify its character, e.g., as a forerunner
(pre) to the main phase, caused by scattering (e.g.,
PKPpre) or as a diffracted wave extending the travel-time
branch of the main phase into the outer core shadow (e.g.,
Pdif in the outer core shadow for P).

Syntax of generating complex phase names
Due to refraction, reflection, and conversion in the Earth,
most phases have a complex path history before they reach
the station. Accordingly, most phases cannot be described
by a single capital letter code in a self-explanatory way. By
combining the capital and lower case letters as mentioned
above, one can describe the character of even rather com-
plex refracted, reflected, or converted phases. The order of
symbols (syntax) regulates the sequence of phase legs due
to refraction, reflection, and conversion events in time
(from left to right) and in space.

Examples for creating complex standard phase
names
Traditional examples of complex phase names are as
follows.

Refracted and converted refracted waves

 PKP is a pure refracted longitudinal wave. It has trav-

eled the first part of its path as P through crust and man-
tle, the second through the outer core, and the third
again as P through mantle and crust. An alternative
name for PKP is P' (Angenheister, 1921), which should
be read as “P prime.”


 PKIKP (alternative to PKPdf ) is also a pure refracted
longitudinal wave. It has traveled the first part of its
path as P through crust and mantle, the second through
the outer core, the third through the inner core, and the
fourth and fifth parts back again through outer core and
mantle/crust.


 SKS is a converted refracted wave. It has traveled as
a shear wave through crust and mantle, being converted
into a longitudinal P wave when refracted into the outer
core and converted back again into an S wave when
entering the mantle.


 SKP or PKS are converted refracted waves with only
one conversion from S to P when entering the core or
from P to S when leaving the core, respectively.

Pure reflected waves

 In the case of (downward only) reflections at the free

surface or from the inner side of the CMB, the phase
symbol is just repeated, e.g., PP, SS (Geiger, 1909),
PPP, SSS, KK, KKK, etc.


 In the case of (upward) reflections from the outer side of
the Moho, the CMB, or the ICB, this is indicated by
inserting symbols m, c, or i, respectively, between the
phase symbols, e.g., PmP, PcP, ScS, PKiKP.


 Reflections from any other discontinuity in mantle or
crust at depth z may be from the inner side (�; i.e.,
downward back into the mantle) or from the outer side
(+; i.e., back toward the surface). To differentiate
between these two possibilities, the sign has to follow
z (or the respective number in km); for example, P410
+ P or P660 � P.


 To abbreviate names of multi-leg phases due to
repeated reflections, one can also write Phasename N.
This type of abbreviation is customary in case of multi-
ple phases with long phase names such as PmP2 for
PmPPmP (free-surface reflection of PmP), SKS2 for
SKSSKS (the alternative name for S'2, the free-surface
reflection of SKS), PKP3 for PKPPKPPKP (double
free-surface reflection of PKP; alternative name to
P'3) or P4KP for PKKKKP (triple reflection of P at
the inner side of the CMB).

Two additional notes are to be mentioned. First,
PKP2 = PKPPKP are now alternative names for P'2 or
P'P', respectively. This should not be mistaken for the
old usage of PKP2 for PKPab. Secondly, in the case of
multiple reflections from the inner side of the CMB, the
WG followed the established tradition of placing the num-
ber N not after but in front of the related phase symbol K.

Reflected waves with conversion at the reflection
point
In the case that a phase changes its character from P to S,
or vice versa, one writes:


 PS (first leg P, second leg S) or SP (first leg P, second
leg S) in the case of reflection/conversion from the free
surface downward into the mantle (Geiger and
Gutenberg, 1912a, 1912b).


 PmS or SmP, respectively, for reflection/conversion
from the outer side of the Moho.


 PcS or ScP for reflection/conversion from the outer side
of the CMB.


 Pz + S or Sz�P for reflection/conversion from the outer
(+) side or inner (�) side, respectively, of
a discontinuity at depth z. Note that the � is compul-
sory, the + is not.


 pS or sP reflection/conversion at the free surface for
body waves with a direct upgoing first leg.

In this context, it is worth mentioning that mode con-
version is impossible for reflections from the inner side
of the CMB back into the outer core because the liquid
outer core does not allow the propagation of S waves.

The WG determined the new IASPEI standard phase
names along these lines and rules. Where these deviate
from other traditionally used names, the latter are given
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as well. Either the traditional names are still acceptable
alternatives (alt) or they are old names (old), which should
no longer be used.

Ray-path diagrams for some of the IASPEI
standard phases
We show ray paths through the Earth for many of the men-
tioned phases. The three diagrams for crustal phases
are sketches illustrating the principal ray paths in a two-
layer crust (Figure 1). The rays in all other figures
(Figures 2–6) were calculated by using the ray picture
part of the WKBJ3 code (Chapman, 1978; Dey-Sarkar
and Chapman, 1978); as the velocity model, we chose
the standard Earth model AK135 (Kennett et al., 1995).
Pb/Sb

Pb/Sb

Pb/Sb

Pn/Sn

Pn/Sn

Pn/Sn

Pn/S

P/S

P/S

P/S

Pg/Sg

Seismic Phase Names: IASPEI Standard, Figure 1 Seismic “crustal
regional distance ranges (0� < D < approximately 20�) from the se
uppermost mantle.
For some types of P and S phases, the ray paths
through the Earth are very similar because the velocity
ratio VP/VS does not change enough to give very different
ray pictures. In these cases, we calculated only the ray
paths for the P-type ray (i.e., P, Pdif, pP, PP, P660P,
P660�P, PcP, PcP2 and PcP4) and assume that the
corresponding ray paths of the respective S-type phases
are very similar. To show the different ray paths for phases
with similar phase names, we show on many figures rays
leaving the source once to the left and once to the right
in different colors. The three most important discontinu-
ities inside the Earth are indicated as black circles (i.e.,
the border between upper and lower mantle, the CMB,
and the ICB).
Lower crust

Uppermost mantle

Uppermost mantle

Uppermost mantle

Upper crust

Upper crust

Lower crust

Lower crust

Upper crust

n

PmP/SmS

PmP/SmS

phases” observed in the case of a two-layer crust in local and
ismic source in the: (a) upper crust; (b) lower crust; and (c)
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Seismic Phase Names: IASPEI Standard, Figure 2 Mantle phases observed at the teleseismic distances range
(D > approximately 20�).
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Seismic Phase Names: IASPEI Standard, Figure 3 Reflections from the Earth’s core.
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Seismic Phase Names: IASPEI Standard, Figure 4 Seismic rays of direct core phases.
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Seismic Phase Names: IASPEI Standard, Figure 5 Seismic rays of single-reflected core phases.
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Seismic Phase Names: IASPEI Standard, Figure 6 Seismic rays of multiple-reflected and converted core phases.
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IASPEI standard seismic phase list
Crustal phases
Pg
 At short distances, either an upgoing P wave from
a source in the upper crust or a P wave bottoming
in the upper crust. At larger distances also, arrivals
caused by multiple P-wave reverberations inside
the whole crust with a group velocity around
5.8 km/s
Pb
 (alt:P*) Either an upgoing P wave from a source in
the lower crust or a P wave bottoming in the lower
crust
Pn
 Any P wave bottoming in the uppermost mantle or
an upgoing Pwave from a source in the uppermost
mantle
PnPn
 Pn free-surface reflection

PgPg
 Pg free-surface reflection

PmP
 P reflection from the outer side of the Moho

PmPN
 PmP multiple free-surface reflection; N is a positive

integer. For example, PmP2 is PmPPmP

PmS
 P to S reflection/conversion from the outer side of

the Moho

Sg
 At short distances, either an upgoing S wave from

a source in the upper crust or an S wave bottoming
in the upper crust. At larger distances also, arrivals
caused by superposition of multiple S-wave
reverberations and SV to P and/or P to SV
conversions inside the whole crust
Sb
 (alt:S*) Either an upgoing S wave from a source in
the lower crust or an S wave bottoming in the
lower crust
Sn
 Any S wave bottoming in the uppermost mantle or
an upgoing Swave from a source in the uppermost
mantle
SnSn
 Sn free-surface reflection

SgSg
 Sg free-surface reflection

SmS
 S reflection from the outer side of the Moho

SmSN
 SmS multiple free-surface reflection; N is a positive

integer. For example, SmS2 is SmSSmS

SmP
 S to P reflection/conversion from the outer side of

the Moho

Lg
 Awave group observed at larger regional distances

and caused by superposition of multiple S-wave
reverberations and SV to P and/or P to SV
conversions inside the whole crust. The maximum
energy travels with a group velocity of
approximately 3.5 km/s
Rg
 Short-period crustal Rayleigh wave
Mantle phases
P
 A longitudinal wave, bottoming below the
uppermost mantle; also an upgoing longitudinal
wave from a source below the uppermost mantle
PP
 Free-surface reflection of a P wave leaving
a source downward
PS
 P, leaving a source downward, reflected as an S at
the free surface. At shorter distances, the first leg
is represented by a crustal P wave
PPP
 analogous to PP

PPS
 PP which is converted to S at the second reflection

point on the free surface; travel time matches
that of PSP
PSS
 PS reflected at the free surface

PcP
 P reflection from the core-mantle boundary (CMB)

PcS
 P converted to S when reflected from the CMB

PcPN
 PcP reflected from the free surface N� 1 times; N is

a positive integer. For example PcP2 is PcPPcP

Pz + P
 (alt:PzP) P reflection from outer side of

a discontinuity at depth z; z may be a positive
numerical value in km. For example, P660 + P is
a P reflection from the top of the 660 km
discontinuity
Pz�P
 P reflection from inner side of a discontinuity at
depth z. For example, P660� P is a P reflection
from below the 660 km discontinuity, which
means it is precursory to PP
Pz + S
 (alt:PzS) P converted to S when reflected from
outer side of discontinuity at depth z
Pz�S
 P converted to S when reflected from inner side of
a discontinuity at depth z
PScS
 P (leaving a source downward) to ScS reflection at
the free surface
Pdif
 (old:Pdiff) P diffracted along the CMB in the
mantle
S
 Shear wave, bottoming below the uppermost
mantle; also an upgoing shear wave from
a source below the uppermost mantle
SS
 Free-surface reflection of an S wave leaving
a source downward
SP
 S, leaving a source downward, reflected as P at the
free surface. At shorter distances, the second leg
is represented by a crustal P wave
SSS
 Analogous to SS

SSP
 SS converted to P when reflected from the free

surface; travel time matches that of SPS

SPP
 SP reflected at the free surface

ScS
 S reflection from the CMB

ScP
 S converted to P when reflected from the CMB

ScSN
 ScS multiple free-surface reflection; N is a positive

integer. For example ScS2 is ScSScS

Sz + S
 (alt:SzS) S reflection from outer side of

a discontinuity at depth z; z may be a positive
numerical value in km. For example S660 + S is
an S reflection from the top of the 660 km
discontinuity
Sz�S
 S reflection from inner side of discontinuity at
depth z. For example, S660 � S is an
S reflection from below the 660 km
discontinuity, which means it is precursory to SS
Sz + P
 (alt:SzP) S converted to P when reflected from
outer side of a discontinuity at depth z
Sz�P
 S converted to P when reflected from inner side of
a discontinuity at depth z
ScSP
 ScS to P reflection at the free surface

Sdif
 (old:Sdiff) S diffracted along the CMB in the

mantle
Core phases
PKP
 (alt:P') unspecified P wave bottoming in the core

PKPab
 (old:PKP2) P wave bottoming in the upper outer

core; ab indicates the retrograde branch of the
PKP caustic
PKPbc
 (old:PKP1) P wave bottoming in the lower outer
core; bc indicates the prograde branch of the
PKP caustic
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PKPdf
 (alt:PKIKP) P wave bottoming in the inner core

PKPpre
 (old:PKhKP) a precursor to PKPdf due to

scattering near or at the CMB

PKPdif
 P wave diffracted at the inner core boundary (ICB)

in the outer core

PKS
 Unspecified P wave bottoming in the core and

converting to S at the CMB

PKSab
 PKS bottoming in the upper outer core

PKSbc
 PKS bottoming in the lower outer core

PKSdf
 PKS bottoming in the inner core

P'P'
 (alt:PKPPKP) Free-surface reflection of PKP

P'N
 (alt:PKPN) PKP reflected at the free surface N� 1

times; N is a positive integer. For example, P'3 is
P'P'P'
P'z�P'
 PKP reflected from inner side of a discontinuity at
depth z outside the core, which means it is
precursory to P'P'; z may be a positive
numerical value in km
P'S'
 (alt:PKPSKS) PKP converted to SKS when
reflected from the free surface; other examples
are P'PKS, P'SKP
PS'
 (alt:PSKS) P (leaving a source downward) to SKS
reflection at the free surface
PKKP
 Unspecified P wave reflected once from the inner
side of the CMB
PKKPab
 PKKP bottoming in the upper outer core

PKKPbc
 PKKP bottoming in the lower outer core

PKKPdf
 PKKP bottoming in the inner core

PNKP
 P wave reflected N� 1 times from inner side of the

CMB; N is a positive integer

PKKPpre
 A precursor to PKKPdf due to scattering near the

CMB

PKiKP
 P wave reflected from the inner core boundary

(ICB)

PKNIKP
 P wave reflected N� 1 times from the inner side of

the ICB

PKJKP
 P wave traversing the outer core as P and the inner

core as S

PKKS
 P wave reflected once from the inner side of the

CMB and converted to S at the CMB

PKKSab
 PKKS bottoming in the upper outer core

PKKSbc
 PKKS bottoming in the lower outer core

PKKSdf
 PKKS bottoming in the inner core

PcPP'
 (alt:PcPPKP) PcP to PKP reflection at the free

surface; other examples are PcPS', PcSP',
PcSS', PcPSKP, PcSSKP
SKS
 (alt:S') unspecified S wave traversing the core as P

SKSac
 SKS bottoming in the outer core

SKSdf
 (alt:SKIKS) SKS bottoming in the inner core

SPdifKS
 (alt:SKPdifS) SKSwave with a segment of mantle-

side Pdif at the source and/or the receiver side of
the ray path
SKP
 Unspecified S wave traversing the core and then
the mantle as P
SKPab
 SKP bottoming in the upper outer core

SKPbc
 SKP bottoming in the lower outer core

SKPdf
 SKP bottoming in the inner core

S'S'
 (alt:SKSSKS) Free-surface reflection of SKS

S'N
 SKS reflected at the free surface N � 1 times; N is

a positive integer

S'z�S'
 SKS reflected from inner side of discontinuity at

depth z outside the core, which means it is
precursory to S'S'; z may be a positive
numerical value in km
S'P'
 (alt:SKSPKP) SKS converted to PKP when
reflected from the free surface; other examples
are S'SKP, S'PKS
S'P
 (alt:SKSP) SKS to P reflection at the free surface

SKKS
 Unspecified S wave reflected once from inner side

of the CMB

SKKSac
 SKKS bottoming in the outer core

SKKSdf
 SKKS bottoming in the inner core

SNKS
 S wave reflected N� 1 times from inner side of the

CMB; N is a positive integer

SKiKS
 S wave traversing the outer core as P and reflected

from the ICB

SKJKS
 S wave traversing the outer core as P and the inner

core as S

SKKP
 S wave traversing the core as P with one reflection

from the inner side of the CMB and then
continuing as P in the mantle
SKKPab
 SKKP bottoming in the upper outer core

SKKPbc
 SKKP bottoming in the lower outer core

SKKPdf
 SKKP bottoming in the inner core

ScSS'
 (alt:ScSSKS) ScS to SKS reflection at the free

surface; other examples are ScPS', ScSP',
ScPP', ScSSKP, ScPSKP
Near source surface reflections and conversions
(depth phases)
pPy
 All P-type onsets (Py) as defined above, which
resulted from reflection of an upgoing P wave
at the free surface or an ocean bottom;
WARNING: The character “y" is only a wild
card for any seismic phase, which could be
generated at the free surface. Examples are
pP, pPKP, pPP, pPcP, etc.
sPy
 All Py resulting from reflection of an upgoing
S wave at the free surface or an ocean bottom; for
example, sP, sPKP, sPP, sPcP, etc.
pSy
 All S-type onsets (Sy) as defined above, which
resulted from reflection of an upgoing P wave at
the free surface or an ocean bottom. For example,
pS, pSKS, pSS, pScP, etc.
sSy
 All Sy resulting from reflection of an upgoing
S wave at the free surface or an ocean bottom. For
example, sSn, sSS, sScS, sSdif, etc.
pwPy
 All Py resulting from reflection of an upgoing
P wave at the ocean’s free surface
pmPy
 All Py resulting from reflection of an upgoing
P wave from the inner side of the Moho
Surface waves
L
 Unspecified long-period surface wave

LQ
 Love wave

LR
 Rayleigh wave

G
 Mantle wave of Love type

GN
 Mantle wave of Love type; N is integer and indicates

wave packets traveling along the minor arcs (odd
numbers) or major arc (even numbers) of the great
circle
R
 Mantle wave of Rayleigh type

RN
 Mantle wave of Rayleigh type; N is integer and

indicates wave packets traveling along the minor
arcs (odd numbers) or major arc (even numbers)
of the great circle
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PL
 Fundamental leaking mode following P onsets
generated by coupling of P energy into the
waveguide formed by the crust and upper mantle
SPL
 S wave coupling into the PL waveguide; other
examples are SSPL, SSSPL
Acoustic phases
H
 A hydroacoustic wave from a source in the water,
which couples in the ground
HPg
 H phase converted to Pg at the receiver side

HSg
 H phase converted to Sg at the receiver side

HRg
 H phase converted to Rg at the receiver side

I
 An atmospheric sound arrival, which couples in the

ground

IPg
 I phase converted to Pg at the receiver side

ISg
 I phase converted to Sg at the receiver side

IRg
 I phase converted to Rg at the receiver side

T
 A tertiary wave. This is an acoustic wave from

a source in the solid Earth, usually trapped in
a low velocity oceanic water layer called the
SOFAR channel (SOund Fixing And Ranging)
TPg
 T phase converted to Pg at the receiver side

TSg
 T phase converted to Sg at the receiver side

TRg
 T phase converted to Rg at the receiver side
Amplitude measurements
The following set of amplitude measurement
names refers to the IASPEI Magnitude Standard (see
www.iaspei.org/commissions/CSOI/Summary_of_WG_
recommendations.pdf), compliance to which is indi-
cated by the presence of leading letter I. The absence
of leading letter I indicates that a measurement is non-
standard. Letter A indicates a measurement in nm made
on a displacement seismogram, whereas letter
V indicates a measurement in nm/s made on
a velocity seismogram.
IAML
 Displacement amplitude measured according to the
IASPEI standard for local magnitude ML
IAMs_20
 Displacement amplitude measured according to
IASPEI standard for surface-wave magnitude
MS(20)
IVMs_BB
 Velocity amplitude measured according to IASPEI
standard for broadband surface-wave magnitude
MS(BB)
IAmb
 Displacement amplitude measured according to
IASPEI standard for short-period teleseismic
body-wave magnitude mb
IVmB_BB
 Velocity amplitude measured according to IASPEI
standard for broadband teleseismic body-wave
magnitude mB(BB)
AX_IN
 Displacement amplitude of phase of type X (e.g., PP,
S, etc.), measured on an instrument of type IN
(e.g., SP, short-period; LP, long-period; BB,
broadband)
VX_IN
 Velocity amplitude of phase of type X and
instrument of type IN (as above)
A
 Unspecified displacement amplitude measurement
V
 Unspecified velocity amplitude measurement

AML
 Displacement amplitude measurement for

nonstandard local magnitude

AMs
 Displacement amplitude measurement for

nonstandard surface-wave magnitude

Amb
 Displacement amplitude measurement for

nonstandard short-period body-wave magnitude

AmB
 Displacement amplitude measurement for

nonstandard medium to long-period body-wave
magnitude
END
 Time of visible end of record for duration magnitude
Unidentified arrivals
x
 (old: i, e, NULL) unidentified arrival

rx
 (old: i, e, NULL) unidentified regional arrival

tx
 (old: i, e, NULL) unidentified teleseismic arrival

Px
 (old: i, e, NULL, (P), P?) unidentified arrival of P-type

Sx
 (old: i, e, NULL, (S), S?) unidentified arrival of S-type
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Seismogram Interpretation
SEISMIC PROPERTIES OF ROCKS

Nikolas I. Christensen
Department of Earth and Ocean Sciences, University of
British Columbia, Vancouver, BC, Canada

Synonyms
Rock P and S velocities

Definition
Compressional (P) waves. Seismic waves in which the
rock particles vibrate parallel to the direction of wave
propagation.
Shear (S) waves. Seismic waves in which the rock parti-
cles vibrate perpendicular to the direction of wave
propagation.
Poisson’s ratio (s). The ratio of the lateral unit strain to the
longitudinal unit strain in a body that has been stressed
longitudinally within its elastic limit (2s = (R² � 2)/(R²
� 1) where R = Vp/Vs).
Transversely isotropic. Anisotropic solids with a single
symmetry axis. Rock symmetry axes are usually normal
to foliation, cleavage, or layering.
Introduction
Although many disciplines have contributed significantly
to our knowledge of the Earth’s interior, none has a resolu-
tion comparable to seismology. For nearly 6 decades seis-
mic studies have provided geophysicists with worldwide
information on crustal and upper mantle compressional
(P) and shear (S) wave velocities. Significant data have
recently become available on velocity gradients, velocity
reversals, compressional and shear wave velocity ratios,
and anisotropy in the form of azimuthal variations of com-
pressional wave velocities, as well as shear wave splitting.
Reflections within the crust and mantle originate from con-
trasts of acoustic impedances, defined as products of veloc-
ity and density. The interpretation of this seismic data
requires detailed knowledge of rock velocities provided
by laboratory techniques to a precision at least comparable
with that of seismic measurements. In particular, to infer
composition of the Earth’s upper 30–50 km, the “crust,”
requires studies of the elasticity of rocks at conditions
approaching those that exist at these depths. Of fundamen-
tal importance is the presence of mean compressive stress
and temperature increasing with depth and on the average
reaching about 1 GPa and 500 �C at the base of the crust.
Because of this, the most relevant velocity measurements
for identifying probable rock types within the crust
have been measurements at elevated pressures and temper-
atures. These measurements often allow the seismologist to
infer mineralogy, porosity, the nature of fluids occupying
pore spaces, temperature at depth, and present or
paleolithospheric stress based on mineral and crack
orientations.

Francis Birch (Figure 1) was the pioneer in the study of
rock velocities. In addition to his laboratory work on phys-
ical properties of rocks and minerals at high pressures and
temperatures, he was well known for his studies of heat
flow and theoretical work on the composition of the
Earth’s interior. Two of his benchmark papers on compres-
sional wave velocities in rocks (Birch, 1960, 1961) set the
stage for modern experimental studies of rock elasticity
and have been frequently cited during the past 5 decades.
These papers for the first time provided information on
compressional wave velocities for many common rock
types, as well as major findings on their anisotropies and
relations to density. It is interesting to note that these mea-
surements were carried out to pressures of 1 GPa, a pres-
sure at which even today only a limited number of
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laboratories have been able to generate for modern rock
seismic velocity measurements.

Measurement techniques
Rock velocities are usually measured in the laboratory
using the pulse transmission technique. The transit time
of either a compressional or shear wave is measured along
the axis of a cylindrical rock specimen of known length.
The cores are usually taken from rock samples using
a 2.54 cm inner diameter diamond coring bit. The cores
are trimmed and ground flat and parallel on a diamond
grinding disk. The volume of each core is obtained from
the length and diameter. The cores are weighed and densi-
ties are calculated from their masses and dimensions. The
cores are then fitted with a copper jacket to prevent pene-
tration of high-pressure oil into the rock samples. For mea-
surements at high temperatures, where gas is the pressure
medium, the samples are usually encased in stainless steel.
Transducers are placed on the ends of the rock core
(Figure 2). Compressional and shear waves are often gen-
erated by means of lead zirconate titanate (PZT) and AC
cut quartz transducers with resonant frequencies of
1 MHz. The sending transducer converts the input, an
electrical pulse of 50–500 V and 0.1–10 ms width, to
a mechanical signal, which is transmitted through the
rock. The receiving transducer changes the wave to an
electrical pulse, which is amplified and displayed on an
oscilloscope screen (Figure 3). Once the system is cali-
brated for time delays, the travel time through the speci-
men is determined directly by a computer or with the use
of a mercury delay line. The major advantage of the delay
line is that it increases the precision, especially for signals
with slow rise times, because the gradual onset of the first
arrival from the sample is approximated by the delay line.
The velocity is the ratio of the length of the specimen to
the travel time of the compressional or shear wave. The
total error limits for Vp and Vs are estimated to be less
than 1%. Interfacing the pressure system with a computer
for data acquisition and storage permits automatic calcula-
tions of velocities as successive readings are taken. Using
a least-squares routine, the computer fits a curve to the
data points and calculates velocities for selected pressures.
A velocity versus pressure curve is plotted along with
recorded data points. Sample length, density, measured
pressure velocity pairs, traces of the waveforms at selected
pressures, the curve fit equations, and calculated pressure
velocity pairs are recorded and stored digitally.

Hydrostatic pressure generating systems capable of
producing true hydrostatic pressures as high as 3 GPa,
equivalent to a depth of approximately 100 km, have been
used for rock velocity measurements. Low viscosity syn-
thetic petroleum and argon for high temperature measure-
ments are frequently used as pressure media. An alternate
technique for obtaining velocities under quasi-hydrostatic
conditions has used a triaxial press with cubic samples.
Transducers are placed on the six pistons and corrections
are made for travel times through the pistons. Rock veloc-
ities obtained using this technique have provided valuable
information on the effect of temperature on velocity, but
have been limited to pressures of 0.6 GPa.

The behavior of a rocks velocity as a function of pres-
sure is primarily dependent uponmineralogy and porosity.
Many igneous and metamorphic rocks have porosities of
the order of a few tenths of 1%, which are present as thin
openings between grain boundaries. As pressure is applied
to the rock, the cracks close and velocities increase. Once
the cracks close any increase in velocity with increasing
pressure is related to the intrinsic effects of pressure on
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the mineral velocities. This is illustrated in Figure 4 for
a garnet granulite. Velocities first increase rapidly over
the first 100 MPa as cracks close and then increase slowly
as pressure is increased. Also the velocity determined at
a given pressure depends upon whether the pressure is
approached from lower or higher pressure (Figure 4). This
hysteresis is usually quite small if sufficient time is taken
for measurements between pressure increments.

A considerable number of investigations have also
focused on the influence of temperature on rock velocities.
These studies have used either resonance techniques or
more frequently the pulse transmission method. Early
studies demonstrated that the application of temperature
to rock at atmospheric pressure results in the creation of
cracks that often permanently damage the rock and dra-
matically lower velocities. Thus reliable measurements
of the temperature derivatives of velocities are obtained
only at confining pressures high enough to prevent crack
formation. At elevated confining pressures dVp/dT for
common rocks often ranges from –0.3 � 10–3 to –0.6 �
10–3 km/s/�C and dVs/dT varies between –0.2 � 10–3

and –0.4 � 10–3 km/s/�C.
Rock velocities
Seismic velocities have been measured for practically all
igneous andmetamorphic rock types believed to be impor-
tant constituents of the lithosphere. Because rock classifi-
cation schemes allow for considerable variations in
mineralogy for a given rock type, many rocks have wide
ranges in elastic properties. However, some lithologies,
such as the monomineralic rocks hornblendite and dunite
with little or no alteration have fairly well-defined veloci-
ties. For detailed summaries of rock seismic properties the
reader is referred to the compilations of Birch (1960),
Christensen (1982, 1996), Gerbande (1982), Holbrook
et al. (1992), Rudnick and Fountain (1995), and Mavko
et al. (1998).

Table 1 contains average velocities, in the order of
increasing compressional wave velocity, for several com-
mon igneous and metamorphic rocks. Volcanic rocks usu-
ally have lower velocities than their plutonic equivalents.
This is due to the presence of glass, abundant alteration
products and vesicles in volcanic rocks, all of which have
lower velocities. In general, for a given composition,
velocity increases with increasing metamorphic grade.
For example, mica and quartz bearing schists have higher
velocities than slates and phyllites. Low-grade metamor-
phosed basalts have lower velocities than higher
grade amphibolite and mafic granulite. Eclogites
have the highest velocity of mafic rocks. Note that shear
velocities are relatively high in quartzites and low in
serpentinites.

Early attempts to infer crustal composition by compar-
ing laboratory and field derived velocities relied primarily
on compressional wave velocities. However correlations
between compressional wave velocity and composition
are limited due to the similar velocities of many common
crustal rock types. Because of this nonuniqueness of com-
pressional wave velocity laboratory and field data compar-
isons, many recent studies have focused on investigations
of crustal composition using both compressional and shear



1176 SEISMIC PROPERTIES OF ROCKS
wave velocities. In these studies the ratio Vp/Vs or
Poisson’s ratio (s) calculated from Vp/Vs have resolved
some of the ambiguities.

The values of Vp/Vs and s, assuming isotropic elastic-
ity, are given in Table 1 for several common igneous and
metamorphic rocks at 1 GPa. This high-pressure elimi-
nates cracks so the values only reflect mineralogy. The rel-
atively low s for quartzites (0.10) agrees well with
isotropic aggregate calculations based on the elastic con-
stants of single crystal quartz. Anorthosites, on the other
hand, have relatively high Poisson’s ratios (�0.31). As
expected, values for the granites and granitic gneisses,
consisting primarily of quartz and feldspar, fall in between
those of quartzites and anorthosites and are relatively low.
Thus, crustal regions where field measured values of s �
0.25 are observed, are likely quartz-rich. Serpentinites
containing lizardite, the variety of serpentine stable at
crustal PT conditions, have extremely high values of
Poisson’s ratio (0.36), whereas unaltered dunites and peri-
dotites have Poisson’s ratios in the range of 0.25–0.26.
Partially serpentinized dunites and peridotites have
Poisson’s ratios that fall between these limiting values.
Laboratory measurements have established a well-defined
relationship between Poisson’s ratio, percent serpenti-
nization and density. Changes in Poisson’s ratio with pro-
gressive metamorphism of mafic igneous and pelitic rocks
are considerably more complicated than the above exam-
ples (Christensen, 1996).
Seismic Properties of Rocks, Table 1 Average compressional
(Vp) and shear (Vs) wave velocities, velocity ratios (Vp/Vs), and
Poisson’s ratios (s) at 1 GPa for common rock types
Christensen (1996)

Rock Vp (km/s) Vs (km/s) Vp/Vs s

Serpentinite 5.607 2.606 2.152 0.36
Andesite 5.940 3.177 1.870 0.30
Quartzite 6.091 4.054 1.502 0.10
Basalt 6.118 3.291 1.859 0.30
Granitic gneiss 6.271 3.627 1.729 0.25
Granite-Granodiorite 6.372 3.726 1.710 0.24
Tonalite gneiss 6.366 3.636 1.751 0.26
Slate 6.379 3.432 1.858 0.30
Phyllite 6.398 3.608 1.774 0.27
Mica quartz schist 6.523 3.654 1.785 0.27
Zeolite facies basalt 6.530 3.493 1.869 0.30
Diorite 6.675 3.756 1.777 0.27
Diabase 6.814 3.766 1.809 0.28
Greenschist facies basalt 6.983 3.955 1.766 0.26
Marble 6.985 3.794 1.841 0.29
Mafic granulite 7.000 3.849 1.818 0.28
Amphibolite 7.046 3.987 1.767 0.26
Anorthosite 7.124 3.717 1.917 0.31
Gabbro 7.299 3.929 1.858 0.30
Pyroxenite 7.935 4.519 1.756 0.26
Eclogite 8.198 4.594 1.785 0.27
Dunite 8.399 4.783 1.756 0.26
Velocity anisotropy
Most crustal and upper mantle rocks show some degree of
velocity anisotropy, which can originate from several pro-
cesses. Laminar flow within magma and lava will orient
elongate crystals such as feldspars along flow directions.
Tabular sediments may settle preferentially and anisotropy
may be enhanced by sediment compaction. Plastic flow
and recrystallization during metamorphism often produce
strong mineral orientations parallel to foliation and
banding. In shallow crustal rocks oriented cracks produc-
ing anisotropy often originate from differential principle
stresses. Anisotropy observed in laboratory measurements
at pressures above approximately 100 MPa, where cracks
are closed, often originate from preferred orientations of
highly anisotropic minerals such as micas, amphiboles,
pyroxenes, and olivine.

In general, for a given propagation direction in an
anisotropic rock there are three waves, one compressional
and two shear. Their vibration directions form an orthogo-
nal set, which usually are not parallel or perpendicular to
their propagation direction. Compressional and shear
wave velocities vary with propagation direction, and two
shear waves travel in a given direction through the rock
with different velocities. This latter property of anisotropic
rocks, termed shear wave splitting, was first recognized in
laboratory studies and has been observed by field studies
in several crustal and upper mantle regions.

Anisotropy is usually studied in the laboratory by tak-
ing cores from a rock in different directions. Following
the early investigations of Birch (1960, 1961) it is com-
mon practice to take three mutually perpendicular cores
for velocity measurements. If the rock has a planar struc-
ture, such as a foliation, cleavage, or bedding, two cores
are oriented with their axes within the planar structure.
One of these cores is oriented parallel to a lineation, if pre-
sent. In general, three velocities are measured per core: the
compressional wave velocity, the velocity of the shear
wave vibrating parallel to the layering, and the velocity
of the shear wave vibrating in a plane perpendicular to
layering. For cores taken perpendicular to layering, shear
wave velocities are measured with vibration directions
parallel to the axes of the cores taken in the layering.

It has been demonstrated that the above procedure pro-
vides information on maximum compressional wave
anisotropy and maximum shear wave splitting. In general,
the highest compressional wave velocities propagate in
the plane of the foliation and parallel to lineations. Maxi-
mum shear wave splitting is observed for propagation
within the planar structures. At near- normal incidence
there is often minimal shear wave splitting.

Velocity measurements using multiple cores have pro-
vided detailed information on anisotropic velocities for
non-axial propagation (e.g., Johnston and Christensen,
1995; Christensen and Okaya, 2007). The number of mea-
surements necessary to completely describe wave propa-
gation depends on the symmetry of the rock fabric. In
the most general anisotropic elastic solid, 21 independent
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constants are required to describe the equations of motion.
Examples of materials with this type of behavior are min-
erals possessing triclinic symmetry such as kyanite and
some feldspars. For many rocks, the existence of symme-
try elements in the elastic properties leads to the vanishing
of some elastic constants along with simple algebraic rela-
tions between others (e.g., Auld, 1990). Some crustal and
upper mantle metamorphic rocks behave as elastic solids
with orthorhombic symmetry, which require nine indepen-
dent constants to describe the elastic tensors. Shales and
many low to medium grade metamorphic rocks often have
well-developed bedding or foliation and behave as trans-
versely isotropic elastic solids (hexagonal symmetry with
the symmetry axis normal to bedding or foliation). Trans-
versely isotropic solids have five independent elastic con-
stants, which can be calculated from five independent
velocity measurements (two compressional wave veloci-
ties, one quasi-compressional wave velocity, and two
shear wave velocities) and density. In an isotropic solid,
only two independent constants are required for
a complete description of elastic behavior and wave veloc-
ities are independent of propagation direction.

To describe three-dimensional wave propagation in
anisotropic rocks, phase velocity surfaces can be calcu-
lated using the Kelvin-Christoffel equations (e.g., Auld,
1990) and elastic constants can be determined from veloc-
ity and density measurements. For transversely isotropic
rocks, these surfaces describe variations in velocity as
a function of angle to the bedding or foliation (Figure 5).
Three velocity surfaces are calculated, one for the quasi-
compressional wave, one for the shear wave vibrating par-
allel to the planar structure, and one for the quasi-shear
wave vibrating in a plane perpendicular to the foliation
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Seismic Properties of Rocks, Figure 5 Compressional wave
anisotropy (upper curve) and shear wave splitting (lower curves)
for a transversely isotropic quartz-mica schist.
or bedding. For propagation parallel and perpendicular
to the foliation all wave modes are pure. The velocities
shown in Figure 5 were calculated from velocity measure-
ments at 600MPa for a transversely isotropic quartz -mica
schist from South Island, New Zealand. They show sev-
eral important features about elastic wave propagation in
this rock, which are typical of many foliated rocks. First,
compressional wave velocities do not increase signifi-
cantly until propagation directions greater than about 45�
from foliation normal are reached. At larger angles, com-
pressional wave velocity increases rapidly and reaches
a maximum for propagation parallel to the foliation. Shear
wave singularities (directions in which two shear waves
have equal velocities) occur for propagation parallel to
and at approximately 50� to the symmetry axis. Shear
wave splitting occurs for all other propagation directions
and reaches to maximum of 90� from the normal to the
foliation.
Summary
Beginning with the compressional wave velocity mea-
surements of Birch (1960, 1961), much has been learned
about elastic wave propagation in rocks. Compressional
wave velocities are now available for most common rock
types at pressures existing in the continental crust and
uppermost mantle. Additional important contributions
include laboratory measurements of shear wave velocities,
velocity ratios, and the influence of temperature on veloc-
ities. Estimates of crustal composition from compressional
wave velocities are nonunique, but this ambiguity is often
reduced by complimentary shear wave velocity (and
Poisson’s ratio) observations. Recent field studies have
found that seismic anisotropy is an important crustal fea-
ture. Thus systematic laboratory studies of compressional
wave anisotropy and shear wave splitting will be critical in
understanding crustal composition and deformation, just
as they have been in investigations of the upper mantle.
Bibliography
Auld, B. A., 1990. Acoustic Fields and Waves in Solids. Malabar:

Robert E. Krieger, Vol. 1.
Birch, F., 1960. The velocity of compressional waves in rocks to 10

kilobars, 1. Journal of Geophysical Research, 65, 1083–1102.
Birch, F., 1961. The velocity of compressional waves in rocks to 10

kilobars, 2. Journal of Geophysical Research, 66, 2199–2224.
Christensen, N. I., 1982. Seismic velocities. In Carmichael, R. S.

(ed.), Handbook of Physical Properties of Rocks, 2nd edn. Boca
Raton: CRC, pp. 1–228.

Christensen, N. I., 1996. Poisson’s ratio and crustal seismology.
Journal of Geophysical Research, 101, 3139–3156.

Christensen, N. I., and Okaya, D. A., 2007. Compressional and shear
wave velocities in South Island, New Zealand rocks and their
application to the interpretation of seismological models of the
New Zealand crust. In Okaya, D., Stern, T., and Davey, F. (eds.),
A Continental Plate Boundary: Tectonics at South Island, New
Zealand. Washington, DC: American Geophysical Union.
American Geophysical Union geophysical monograph 175,
pp. 125–155.



1178 SEISMIC QUIESCENCE AND ACTIVATION
Gerbande, H., 1982. Elastic wave velocities and constants of elastic-
ity of rocks and rock forming minerals. In Angenheister, G. (ed.),
Physical Properties of Rocks. Springer: Landolt-Bornstein,
pp. 1–140.

Holbrook,W. S., Mooney,W. D., and Christensen, N. I., 1992. Seis-
mic velocity structure of the deep continental crust. In Fountain,
D. M., Arculus, R., and Kay, R. (eds.), Lower Continental Crust.
New York: Elsevier, pp. 1–43.

Johnston, J. E., and Christensen, N. I., 1995. Seismic anisotropy of
shales. Journal of Geophysical Research, 100, 5991–6003.

Mavko, G., Mukerji, T., and Dvorkin, J., 1998. The Rock Physics
Handbook. Cambridge, MA: Cambridge University Press,
pp. 289–303.

Rudnick, R. L., and Fountain, D. M., 1995. Nature and composition
of the continental crust; a lower crustal perspective. Reviews of
Geophysics, 33, 267–309.

Cross-references
Deep Seismic Reflection and Refraction Profiling
Seismic Anisotropy
Seismic Imaging, Overview
Seismic, Reflectivity Method
Traveltime Tomography Using Controlled-Source Seismic Data
Vertical Seismic Profiling
SEISMIC QUIESCENCE AND ACTIVATION

Gennady Sobolev
Institute of Physics of the Earth, Russian Academy of
Sciences, Moscow, Russia

Definition
Seismic quiescence. Relative decrease in number of earth-
quakes or energy in any area of a seismic active region
within a certain time interval in comparison with long-
term observations in the same region.
Seismic activation. Relative increase in number of earth-
quakes or energy in any area of a seismic active region
within a certain time interval in comparison with long-
term observations in the same region.

Introduction
Both seismic quiescence and seismic activation before
large earthquakes have been repeatedly described in the
scientific literature. Large earthquakes are viewed as natu-
ral hazards, whichmay cause destruction of buildings, loss
of life, and economic damage. Comparative size
of different earthquakes is measured by their magnitude
M (see Earthquake, Magnitude). The most destructive
earthquakes fall in the range of magnitudes 7–9; and seis-
mic energy released from an earthquake’s source (see
Earthquakes, Energy) lies in the range of 1022–1025 ergs
and the intensity of seismic shaking at the Earth surface
(see Earthquakes, Intensity) exceeds the 7 level of the
12� scale.

Just the first condition of detection of quiescence or
activation follows from the stated above: a necessity of
long-term history of seismic observations. However, for
the purpose of rigorously proven detection of such occur-
rences one should be sure that any seismic event, magni-
tude of which exceeded some minimum threshold, was
not missed within the observation period. Just in the sec-
ond half of the (twentieth) century development of seismic
networks of observation equipped with calibrated seismo-
graphs lead to creation of instrumental catalogs of earth-
quakes what enabled to judge objectively about
appearance of seismic quiescence and activation.

The first sufficiently founded reports of appearance of
seismic quiescence before large earthquakes were
published at the beginning of 1960s in Japanese and were
practically unknown outside Japan. Then, in 1969, Mogi,
on the basis of a visual analysis of seismicity maps, formu-
lated a hypothesis that a seismic quiescence may be
a precursor of a large earthquake (Mogi, 1979). At the
end of the 80th year, Wyss and Habermann studied instru-
mental seismic catalogs of a number of regions of the
Earth and determined basic rules of a formal detection of
a seismic quiescence (Wyss and Habermann, 1988). In
brief, they may be summarized as follows: (1) Evaluation
of homogeneity of a seismic catalog for the analyzed time
interval, including magnitude calculations, taking into
consideration changes in methods of determination of
coordinates and depth of seismic events. (2) Determination
of a minimum magnitude of earthquakes being recorded
without any omissions. (3) Removal of groups and after-
shocks in order to analyze the so-called background seis-
micity. (4) Quantitative evaluation of size and
significance of an anomaly, whereas significance shall be
considered a statistically proven difference of an anomaly
from random variations of the background seismicity.
(5) Quantitative determination of the beginning of an
anomaly. (6) Evaluation of sizes of an anomalous region.
Wyss and Habermann (1988) determined that numerous
events of seismic quiescence described in the literature
are explained by changes of a minimum representative
magnitude that were not taken into account, owing to the
expansion of a seismic network or development of infor-
mation processing technique. However, there remain
dozens of published events of seismic quiescence that
may not be explained by any omissions of technical nature
(artifacts).

Description of certain events of seismic quiescence
exceeds the limits of this article. We will mention only
as an example two widely discussed events. Ohtake et al.
(1977) studied the seismicity along the Pacific Ocean
coast of Mexico and found that after the middle of 1973,
the seismicity rate in the region with the linear dimensions
of 100 by 200 km around coordinates of (16.5�N, 96.5�W)
declined sharply what was interpreted as a seismic quies-
cence. The Oaxaca earthquake of November 29, 1978
with M = 7.6 occurred in this region. Kisslinger (1988)
found a seismic quiescence before an Andreanof Islands
earthquake of May 7, 1986 with M = 8. Our task does
not include any evaluation of authenticity and significance
of these and other events, especially because it is not cor-
rectly to do it without the authors’ participation. We will
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note only that about 100 authors of scientific works
published their investigations of seismic quiescence in
regions with different geological and tectonic structure.
It may be assumed that such phenomenon exists objec-
tively in the nature and sometimes arises before a large
earthquake. Since a seismic process to a great extent is
self-similar in a wide range of magnitudes, a seismic qui-
escence most likely arises before a relative weak earth-
quake as well.

Main phases of seismic quiescence and activation
On the basis of thousands of observations of seismicity in
various regions of the world, there exists a generally
accepted opinion among the seismologists that the large
earthquake arises after a long-term (dozens of years)
increase in seismicity in a relative region connected with
a gradual growth of tectonic stresses. The latter, in their
turn, arise at the joints of the earth’s crustal plates moving
with a different rate. Let us name this period of increase in
seismicity as a phase of long-term seismic activation
(phase I in the Figure 1). Spatial dimensions of a region
of long-term activation before the large earthquake (M =
7 to 8) may exceed 1,000 km.

On the background of such process, in some area of the
region of long-term activation a mean seismicity rate
decreases what, as a rule, results in decrease in rate of
release of the seismic energy. A researcher has a task to
detect such decrease in the seismic activation and to prove
its significance at a quantitative level, that is, to detect the
seismic quiescence. All the suggested methods are based
somehow or other on an analysis of statistics of earth-
quakes that at today’s level of development of seismolog-
ical networks of observations includes events contained in
catalogs, the magnitude of which is from 3 to 4 units less
Long-term activation

Tim

S
ei

sm
ic

 a
ct

iv
ity

I

Seismic Quiescence and Activation, Figure 1 Main phases of seism
in comparison with the magnitude of the large earthquake.
This statistics includes at best the first thousands of events
within a period of some years what makes the task of qui-
escence detection difficult and not always solvable. Below
we will describe in brief two methods that were analyzed
to reveal a seismic quiescence before several earthquakes
both a retrospective one (after the large earthquake) and
a prospective one (before the large earthquake).

In the Z-value method, there is calculated the standard
deviation Z, to estimate the significance of the rate change,

Z ¼ m1 � m2

S1
n1
þ S2

n2

� �1 2=
;

wherem is the mean rate, S the variance, and n the number
of events in the first and second period to be compared
(Wyss and Habermann, 1988).

For the purpose of significance evaluation there is
applied the normal distribution law, but when having
a rather large statistics of earthquakes the method gives
plausible evaluations by other distribution law as well.
The more the Z value is the more the difference between
a rate of a seismic flow in the area of a supposed seismic
quiescence and in comparison with a long-term rate. The
calculations are carried out by the enumeration of nodes
of the geographical grid and a changing number of earth-
quakes located near each node. It results the averaged Z
values are presented in the form of maps in the researched
seismic active region. The area of a seismic quiescence is
determined according to high values of Z isolines above
the given rate of statistic significance. The experience
showed that the more reliable results appeared in the task
if there were removed swarms and aftershocks of previous
earthquakes from the catalog.
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The RTL method uses three functions to measure the
state of seismicity at a given location as a function of time
(Sobolev, 2001).

Rðx; y; z; tÞ ¼ S exp �ri r0=ð Þ½ � � Rltr;

Tðx; y; z; tÞ ¼ S exp �ðt � tiÞ t0=ð Þ½ � � Tltr;

Lðx; y; z; tÞ ¼ S exp li ri=ð Þp½ � � Lltr:
In these formulas, x, y, z, and t are the coordinates, the
depth and the analysis time, respectively. ri is the epicen-
tral distance from the location selected for analyses, ti is
the occurrence time of the past seismic events, and li
is the length of rupture estimated by empirical relation
with the magnitude. The Rltr, Tltr, and Lltr are the long-term
averages of these functions. r0 is a coefficient that charac-
terizes the diminishing influence of more distant seismic
events; t0 is the coefficient characterizing the rate at which
the preceding seismic events are “forgotten” as the time of
analysis moves on; and p is the coefficient that character-
izes the contribution of size of each preceding event. R, T,
and L are dimensionless functions. They are normalized
by their standard deviations. The product of the above
three functions is calculated as the RTL-parameter, which
describes the deviation from the background level of seis-
micity and is in units of the standard deviation, sRsTsL.
The RTL-parameter decrease in relation to the background
level means a seismic quiescence, and a structure of iso-
lines of such parameter on the map indicates to the size
of a quiescence area. In the RTLmethod, the outgoing cat-
alog is cleaned of the aftershocks but the swarms are not
removed.

Both methods (Z-value and RTL) require that the dura-
tion of period, which is included in calculations of the rate
of background seismicity, must be by an order more than
the supposed duration of the seismic quiescence. The
experience of application of the described and other
methods of revealing of the seismic quiescence in different
tectonic conditions has shown that the duration of
a quiescence period before the large earthquakes amounts
to several years, that is, by an order less than the phase of
the long-term activation (Figure 1). The area of significant
values of the quiescence has linear dimensions about
300 km. In the most published works, the seismic quies-
cence was determined by the application of only one
method. The exception, apparently, is a work by Wyss
et al., in which a situation before the large earthquakes
on the Sakhalin Island was analyzed by using of one and
the same regional seismic catalog but by the application
of both methods mentioned above: Z value and RTL
(Wyss et al., 2004). The duration of quiescence anomalies
before the Neftegorsk earthquake of May 27, 1995 with
the M = 7.1, amounted according to results of both
methods to 2.7 years. The size of a quiescence region
was determined according to Z value in the form of
a rectangle with dimensions of 200 � 600 km, and
according to the RTL data – in the form of a circle
with the radius up to 400 km. The epicenter of the
earthquake lied at the periphery of anomalies in both
determinations. Before the Uglegorsk earthquake of
August 4, 2000, M = 6.8, the duration of quiescence was
according to Z value 2.5 years and according to the RTL
3.0 years. The dimensions of the anomalous regions were
determined in the form of a circle with the radius up to 165
and 200 km, respectively. The epicenter of the earthquake
was also at the lateral part of quiescence area. The exami-
nation conducted with random catalog has shown that the
probability that the anomaly occurred by chance before
the Neftegorsk earthquake did not exceed 1% and before
the Uglegorsk earthquake � 2% according to the results
of both methods.

In spite of available facts of the seismic quiescence
before some large earthquakes, the practical application
of such anomaly for the forecast of earthquakes remains
undecided. Authors of publications on the subject of seis-
mic quiescence do not cite any data on a number of false
alarms when no large earthquake occurred in the region
of quiescence. According to our evaluations, the number
of false alarms exceeds by several times the number of
forecasts proven to be correct (even by a retrospective
analysis). There is no statistic evaluation of a real prospec-
tive forecast with the use of such anomaly indeed. Let us
illustrate the above stated by Figure 2, where the areas of
seismic quiescence in the region of the Kurile arch
are shown, which were detected before the Simushir earth-
quake of November 15, 2006, M = 8.2. In this
case the RTL method was applied, but it is not a matter
of principle. The dark spots mean the areas of seismic
quiescence. The main one of them with linear dimensions
of about 200 km is located in on the territory with coordi-
nates of 46��48�N � 151��154�E; the epicenter of the
main shock is located at its periphery, and the another
major earthquake of January 13, 2007, M = 8.1 – outside
the anomalous region. Several other anomalies of
a lower size are shown in the figure: the territory with
coordinates (45�N, 147�E), (43�N, 145�E), and (50�N,
158�E). Any large earthquakes in these regions did not
occur up to now.

It follows from the experience of investigations of the
seismic quiescence that a large earthquake seldom occurs
during the most significant rate of quiescence. It arises
more often after the rate of seismic activity has increased
again and even exceeded that which has been observed
before the beginning of the quiescence. Let us name the
time interval from minimal values of activity at the stage
of quiescence to the moment of the large earthquake as
a phase of foreshock activation (phase III on Figure 1).
Its duration has a wide range: from several days to the
dozens of months. The areal of foreshock activation in
general coincides with the area of aftershocks (see Earth-
quake, Aftershocks) and its size is estimated in hundreds of
kilometers. These properties of the phase of foreshock
activation bring to the understanding of the term “fore-
shock” in the broad sense. At the final step of development
of such phase there may occur seismic events, the loca-
tions of which coincide practically with the source of the
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following large earthquake. They are traditionally called
foreshocks and should be understood as foreshocks in
the narrow sense (see Earthquake, Foreshocks). Usually
they arise several hours before a large earthquake,
reflecting apparently the nucleation of a rupture. This phe-
nomenon is of a great interest for a short-term forecast, but
the practical application thereof has some difficulties
because no reliable criteria are found till today in order
to differentiate foreshocks from usual earthquakes. In
exceptional events when a number of events occurring
during several hours and at one and the same place
amounts to dozens, they may be interpreted presumably
as foreshocks of a future large earthquake and serve as
a ground for a short-term forecast. The striking example
is a prediction of the Haicheng earthquake of February 4,
1975, M = 7.3 (Ma Zongjin et al., 1989). The foreshocks
determined after the large earthquake (retrospectively)
are described in a great number of publications and the
description thereof is beyond the scope of this article.

Returning to the phase of foreshock activation
(Figure 1), we cite the example of its detection before
the Simushir earthquakementioned above as of November
15, 2006, M = 8.2. The RTL method developed for the
detection of a seismic quiescence allows also to identify
the foreshock activation as a period of increase in the seis-
mic activity after the quiescence. The situation showed in
Figure 3 is a continuation in time of that which appeared in
this area of the Kurile arch during the seismic quiescence
(Figure 2). The development of the stage of seismic quies-
cence from the level of a long-term background to the low-
est values of the seismic activity lasted in this event
1.5 years and the period of recovery of the stage of activity
to the level of a long-term background (foreshock activa-
tion) lasted 1.5 years as well. The linear dimensions of
foreshock activation amounted to about 100 km
(Figure 3). It was located in the area of aftershocks
between the main shock with theM = 8.2 and the strongest
aftershock, M = 8.1. Also, like at a seismic quiescence,
within the region as showed on the map (Figure 3) during
the development of the main anomaly there was selected
a number of anomalies with a lower intensity: on the terri-
tory of coordinates (44�N, 149�E); (45�N, 150.5�E);
(48.5�N, 154.5�E.). In these places, no large seismic events
occurred up to now. Thus, the foreshock activation, like the
seismic quiescence, is not of high reliability in the prognos-
tic aspect because there exist anomalies qualified as false.
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Physical mechanisms leading to seismic
quiescence and activation
Let us consider possible physical mechanisms, which bring
to occurrences of the seismic quiescence and of the fore-
shock activation. There is no unified explanation at present
and it is expedient to discuss various hypotheses.We would
like to note at first that except for the three phases discussed
above and the occurrence of foreshocks in the narrow sense,
other anomalies may also appear sometimes. Scholz
selected additional phases: doughnut pattern was observed
in the period of development of the seismic quiescence
around its external limits, and seismic silence was noticed
just prior to the main event (Scholz, 1990).

Let us consider in a more detailed manner the hypothe-
ses of nature of the stages of a seismic quiescence and of
a foreshock activation. Ma Zongjin et al., investigated
the seismic patterns before nine large earthquakes in
China (Ma Zongjin et al., 1989). The authors did not select
specially occurrences of a seismic quiescence or activa-
tion. They did describe mainly a migration of sources of
seismic events for several years before large events in
the regions adjacent to their epicenters with the dimen-
sions of about first 100 km. Actual data cited by them
are of interest as applied to a problem of physical nature
of occurrences discussed in this article. A migration of
sources was considered, mainly with the magnitudes
3–6, while the large earthquakes had the magnitudes of
above 7. The regions round the epicenters of large events
were separated in three parts: a hypocentral area A, which
included a hypocenter of a large event; area of aftershocks
B; and external area C.

The following main characteristics of migration were
selected: During 3–10 years, till the moment of the large
earthquake, two phases were varied in time. In the first
one the events occurred mainly in the area C, while
the areas A and B were characterized as relatively quiet.
During the second phase which finished in the large earth-
quake, the activity was detected in the areas A andB, while
the seismic activity in the area C was reduced. As the sec-
ond phase developed, the activity in the areas A and
B continued to last up to several months or days in relation
to the moments of the large earthquake; at the end of such
series the activity either accumulated inside the hypocen-
tral area A or continued to last in the area B, while the area
A was calm. We should note that the authors did not cite
any quantitative evaluations of the seismicity rate, thus
conclusions may be made based on a qualitative manner
only. In summarization, there may be made a conclusion
that the process of development of a large earthquake
may occur according to various scripts, though in
described events it (is) related to continental events only.

The seismic quiescence may be a consequence of
increase in the strength of rocks within the seismically
active area. In the dilatancy-diffusion model the increase
in the strength is explained by laboratory experiments,
being a consequence of appearance of open microcracks



SEISMIC QUIESCENCE AND ACTIVATION 1183
and a relative drying of the rocks. However, it is not
explained how such process can develop in the heteroge-
neous lithosphere in the spatial regions with the linear
dimension of above 100 km.

The quiescence occurs also when the acting stresses
decrease. This can be a consequence of development of
an unstable deformation in the source of a future large
earthquake what constitutes one of the corner stones of
the model of avalanche-like fracturing. Expenditure of
the accumulated potential energy brings to a decrease in
stress both in the source and in the surrounding space. This
explanation leads to expect an increase in seismic activity
in the hypocentral area of a future large earthquake and
a simultaneous occurrence of a seismic quiescence in the
external area. This cannot always be observed. But the sit-
uation that the activation in the source occurs at the level
of seismic events with small magnitudes, which are not
registered by the available seismological network, cannot
be excluded.

Decrease in the tectonic stress in some area of litho-
sphere can be a consequence of the motion of the neigh-
boring blocks with a different rate. If one of the blocks
stops because of a strong asperity at its tectonic boundaries
with any neighboring blocks, then the stress will be accu-
mulated at points of an asperity, while in the middle of the
stopped block it will relax gradually. The activation will
start at boundaries of the stopped block and then it will
migrate to central parts when the asperity is destroyed.

As a modification of such assumption is the situation
when the stress increases and brings to the seismicity in
the stronger blocks, and the block between them is rela-
tively discharged. The quiescence occurring in the
discharged block in such situation causes an effect of “false
forerunners” as no large earthquake follows after them.

Kanamori suggested an explanation of different phases
of seismicity based on a model of existence of a strong
inclusion at a fault being heterogeneous in its strength
(Kanamori, 1981). When the stress increases gradually,
the less strong inclusions disintegrate sequentially what
brings to an accelerated growth of the stress at points
being not disintegrated. A background seismicity is
observed at the low stress. As the stress increases, there
occurs the doughnut pattern – a mass destruction of rocks
around the strong inclusion. The latter has a seismic quies-
cence. When the stress approaches to a critical level, there
occurs a destruction of subunits of the strong inclusion
which characterizes the phase of foreshock activation. In
this hypothesis, the facts of existence of the seismic quies-
cence at distances that significantly exceed the rupture
sizes when a large earthquake occurs are not explained.

The reason of seismic quiescence can be a change of ori-
entation of the tensor of the current stress due to development
of a creep at the fault where a future earthquake will occur.
The existing fractures, which get into new conditions,
require the time for unstable development (kinetics of
destruction). It is not proven that this, undoubtedly, existing
phenomenon can cause a quiescence at distances that signif-
icantly exceed the length of a rupture of a future earthquake.
Another reason can be a transformation of the medium
surrounding the source to the quasi-plastic state, for exam-
ple, when the temperature or the hydrostatic compression
increases. Then the process of fracturing will occur at
a lower scale level which is beyond the registration of earth-
quakes by the seismic network. There remains a question
what are the physical reasons of increase of the temperature
or the compression in the lithosphere or the earth’s crust
within a relatively short time period (years).

It is necessary to mention another effect, which influ-
ences on the fracturing in the geological medium. Labora-
tory and field observations prove that an increase or
a decrease in the degree of water saturation of rocks results
in a significant acceleration or retardation of occurrence of
the seismic events (seismicity, triggered/induced). Further,
if the rate of the seismic activity increases due to that, then
it results in a relative increase in the number of events with
the relatively small magnitudes and in a decrease in the
number of big events. The seismic quiescence may occur:
(a) if a degree of water saturation decreases, (b) if under
the influence of the increased water saturation the seismic-
ity transforms to the level of small events being not regis-
tered by the seismic network. The activation is a direct
consequence of the increased water saturation and may
appear also in the form of swarms.

It follows from themost available experimental facts that
the foreshock activation develops in the epicentral region.
Its size is less than the area of seismic quiescence, and the
centers of anomalous areas of these two phenomena do
not coincide as a rule. There is a ground to suppose that
the physics of foreshock activation is connected with the
development of unstable deformation, which is localized
under the laws of mechanics in the zone of mainly two-
dimensional extension. The complexity of fault systems,
which display a fractal geometry, causes a successive occur-
rence of several zones of unstable deformation.

At the final period of foreshock activation, there often
occur clusters of seismic events, that is, groups of events,
the distances between the hypocenters and the times
between the successive events of which are less than mean
values of the background seismicity. The occurrence of
clusters at the phase of foreshock activation can
be explained by two reasons. First, they occur by chance
because of the increase in rate of formation of events
in the narrow zone of unstable deformation. Second, when
the spatial density of accumulated active faults exceeds
the critical level, there arise stress interactions among
neighboring faults with the formation of the faults of
a larger length. In the latter case, such effect must appear
in the increase of middle magnitudes of seismic events,
that is, in the decrease of the b value.
Summary
It follows from the above-mentioned hypotheses that there
exist various physical mechanisms of occurrence both of
the seismic quiescence and of the foreshock activation.
For the purpose of more fundamental understanding of
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such phenomena, the additional laboratory and fieldworks
are required. In our opinion, special attention should be
paid to the following directions.

To investigate on the same catalogs of earthquakes both
the quiescence and the activation in a complex, paying
attention to their distribution in space, time, and
magnitudes.

To compare, where possible, the seismic patterns with
the field of deformations being estimated based on the data
of satellite geodesy.

To compare, where possible, the seismic patterns with
the data of deep geoelectrical and hydrogeological investi-
gations with the purpose of better understanding of the
role of water.

Bibliography
Kanamori, H., 1981. The nature of seismicity patterns before large

earthquakes. Earthquake prediction. International Review.
Washington, DC: American Geophysical Union, pp. 1–19.

Kisslinger, C., 1988. An experiment in earthquake prediction and
the 7 May 1986 Andreanof Islands earthquake. Bulletin of the
Seismological Society of America, 78, 218–229.

Ma, Z. J., Fu, Z. X., Zhang, Y. Z., Wang, C. G., Zhang, G. M.,
and Liu, D. F., 1989. Earthquake Prediction, Nine Major Earth-
quake in China. New York: Seismological Press, Springer,
332 pp.

Mogi, K., 1979. Two kinds of seismic gap. Pure and Applied Geo-
physics, 117, 1172–1186.

Ohtake, M., Matumoto, T., and Latham, G. V., 1977. Seismicity gap
near Oaxaca, SouthernMexico, as a probable precursor to a large
earthquake. Pure and Applied Geophysics, 115, 375–385.

Scholz, C. H., 1990. The Mechanics of Earthquakes and Faulting.
Cambridge: Cambridge University Press, 439 pp.

Sobolev, G., 2001. The examples of earthquake preparation in
Kamchatka and Japan. Tectonophysics, 338, 269–279.

Wyss, M., and Habermann, R. E., 1988. Precursory Seismic quies-
cence. Pure and Applied Geophysics, 126, 319–332.

Wyss, M., Sobolev, G., and Clippard, J. D., 2004. Seismic
quiescence precursors to two M7 Earthquakes on Sakhalin
island, measured by two methods. Earth Planets Space, 56,
725–740.

Cross-references
Artificial Water Reservoir Triggered Earthquakes
Earthquake, Aftershocks
Earthquake, Foreshocks
Earthquake, Magnitude
Earthquakes, Energy
Earthquakes, Intensity
SEISMIC SEICHES

Art McGarr
U.S. Geological Survey, Menlo Park, CA, USA

Definition
Seismic seiche is a term first used by Kvale (1955) to dis-
cuss oscillations of lake levels in Norway and England
caused by the Assam earthquake of August 15, 1950. This
definition has since been generalized to apply to standing
waves set up in closed, or partially closed, bodies of water
including rivers, shipping channels, lakes, swimming
pools and tanks due to the passage of seismic waves from
an earthquake.

The first published mention of seismic seiches is thought
to be reports of those observed throughout much of Europe
due to the great earthquake at Lisbon, Portugal in 1755
(Wilson, 1953; Richter, 1958). In addition to the Lisbon
and Assam earthquakes, seismic seiches at teleseismic dis-
tances have been observed formany other large earthquakes
including the 1964 Alaska (McGarr and Vorhis, 1968) and
the 2002 Denali, Alaska, an earthquake that caused damag-
ing seiches in Lake Union, Seattle, Washington at an epi-
central distance of 2,400 km (Barberopoulou et al., 2004).

Kvale (1955) showed that seismic surface waves from
the Assam earthquake were the most probable cause of
the seiches observed in Norway and England at that time.
Moreover, he concluded that the natural period of a basin
must be matched by the periods of the passing seismic sur-
face waves. Motivated by observations reported by Donn
(1964) of a seiche generated in a channel near Freeport,
Texas, at an epicentral distance of about 5,040 km from
the 1964 Alaska earthquake, McGarr (1965) developed
a relation between the ground motion of seismic waves
and the resulting seiche. The passing seismic wave exerts
a horizontal acceleration on a closed or partially closed
body of water, which can be idealized as a long channel
of uniform depth. This causes a seiche, composed of stand-
ing water waves whose periods depend on the dimensions
of the channel. The amplitude of the seiche is a function of
channel depth, the amplitudes of the horizontal accelera-
tions of the passing seismic waves, and the extent to which
the periods of the seismic waves match those of standing
water waves. The gravest mode of the standing waves
has a period given by T ¼ 2L=

ffiffiffiffiffiffiffi
gH

p
, where T is the period

in seconds, L is the channel width in meters, H is the chan-
nel depth in meters, and g is gravity. For instance, if L =
100 m and H = 10 m, then the period of the gravest seiche
mode is 20 seconds, which tends to be the period where
surface waves show maximum amplitudes at teleseismic
distances. Any factor that enhances the amplitudes of sur-
face waves, such as basins containing low-velocity sedi-
ments, tends to result in greater production of observed
seiches from a given earthquake (McGarr and Vorhis,
1968; Barberopoulou et al., 2004).
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Synonyms
Abnormal water level changes; Hydrological earthquake
precursors

Definition
Seismic signals in wells – rise or fall in water level fluctu-
ations in bore wells due to earthquakes. Pre, co, and post
means abnormal fluctuations prior, during, and after the
occurrence of earthquake.

Introduction
Water levels in wells are found to be affected by local and
distant earthquakes in addition to other phenomena like,
rainfall, atmospheric pressure, and earth tides. These
anomalous changes that could be pre, co, and post earth-
quake are believed to reflect pore pressure changes related
to the redistribution of stress in the near and far fields of
dislocation sources, but in general are poorly understood
because of inadequate data. Numerous reports of the
well-documented cases of this phenomenon have appeared
from China, Japan, Russia, the USA, India, Taiwan, and
other countries during the last 30 years (Wakita, 1975;
Roeloffs, 1988, 1996, 1998, 2003; Liu et al., 1989, 2006;
King et al., 1999, 2000; Rudnicki et al., 1993; Koizumi
et al., 1996, 1999; Quilty and Roeloffs, 1997; Chadha
et al., 1997, 2003, 2008; Gavrinlenko et al., 2000;Wen-Chi
Lai et al., 2004; Akita and Matsumoto, 2004; Kitagawa
et al., 2006; Sil, 2006a, b). Since the earthquake-related
groundwater level changes were scattered and rarely
observed by a sufficiently dense network of observations
wells, such studies have not been adequately developed.
Recently, some experiments have been taken up to drill
bore wells in the seismically active region to continuously
monitor water-level changes related to earthquakes.

Types of observed changes
Four types of changes in well water levels have been
observed, which are related to earthquakes, namely, pre,
co, post, and transient. While, the pre and post earthquake
observations are mostly interpretative in nature and diffi-
cult to substantiate, coseismic and transient changes are
well established. The most suitable wells for observing
anomalous coseismic and transient changes are the ones
that are connected to confined aquifers and show the effect
of earth tides. The presence of tidal signals in well level
data indicates that the well is sensitive to small strain
changes in the connected rock formations and hence also
should be sensitive to variations in local stress fields,
and thus to earthquakes. Unconfined aquifers also show
seismic signals in case of large magnitude earthquake at
closer distances. Few typical examples of coseismic and
transient changes are described below.
Coseismic seismic signals
Coseismic signals are generally observed in wells
connected to confined aquifers and are located in the near
field of earthquake source location. These are generally
steplike changes coinciding with the occurrence of the
earthquake. In case of shallow unconfined aquifers,
coseismic oscillatory changes have also been reported.

The Chi-Chi earthquake of Mw 7.6 on September 21,
1999 is one of the well-documented events for earthquake-
induced water level changes in wells. Based on the hourly
digital record of the water levels, all changes were reported
as coseismic or postseismic. Chia et al. (2001) described the
details of these changes and compared the coseismic
changes with the distances between the earthquake fault
and observation wells.Wang et al. (2001) discussed the dis-
tribution of the coseismic changes and attributed them to
liquefaction. Wen-Chi Lai et al. (2004) compared these
changes with geological setting and seismic groundmotion.
They showed that in the nearby Choshui River alluvial fan
area, the groundwater levels coseismically rose and those
amplitudes increased as the ground acceleration and
hydraulic conductivity became larger. In the slope area near
the earthquake fault, the water level coseismically dropped
and those amplitudes increased as the ground acceleration
became larger.

Akita and Matsumoto (2004) reported coseismic
changes in 29 wells associated with M 8.0 Tokachi-oki
earthquake in 2003 in Japan. These changes were
observed as increase in groundwater in wells located in
the southeast part of Hokkaido. The maximum increase
was 430 cm. In other area of Hokkaido, coseismic
decreases were observed, the maximum being 59 cm.
These anomalous changes were explained in terms of
poroelastic response to the volumetric strain after the
Tokachi-oki earthquake. The strain sensitivities deter-
mined by coseismic responses in the groundwater level
were found to be consistent with those estimated by M2
tidal strain in few wells.

Matsumoto et al. (2003) studied hydrological response
at Haibara well to earthquakes in central Japan. They
reported 28 coseismic changes during the period from
1981 to 1997 and obtained a relationship M � 2.45 log10
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Dis + 0.45 which holds good for 26 events. Most of the
water level changes in Haibara well could not be explained
by poroelastic response of the water level to coseismic vol-
umetric strain steps in confined aquifers, because the sizes
and directions of the coseismic water level changes corre-
late poorly with the sizes and directions of the volumetric
strain steps. Ground motion due to seismic waves was put
forward as a more probable reason for coseismic drops in
water level. Few preseismic or inter-earthquake changes
were also observed by them in the residual water level data
at Haibara well, which was interpreted to be related to
local aseismic crustal deformation.

Along the San Andreas fault in the Parkfield area, water
levels at 17 wells were monitored continuously as a part of
Parkfield earthquake prediction experiment. Rudnicki
et al. (1993) analyzed data from a well located 460 m from
the San Andreas fault near Parkfield, California during Jan-
uary 1989–July 1990. They demonstrated that recovery
rates of water level changes due to fault creep can be used
to infer the position of the slipping zone relative to the well.
They applied this technique to five slip-related water level
changes. The changes were all characterized by a rapid drop
(less than 8 h) and a slow recovery (15–30 days). The
recoveries modeled by pore fluid diffusion due to a plane
strain dislocation in porous, fluid-saturated elastic provided
satisfactory agreement with the observations. Calculations
were also done for limiting cases of both an impermeable
and a permeable fault. They showed that permeability of
the fault has little effect on inferences about the slip, but
the inferred (horizontal) diffusivity differs for the two cases,
0.15 m2/s for the impermeable and 0.06 m2/s for the perme-
able. Later, Roeloffs (1998) analyzed persistent water level
changes data at a well near Parkfield for anomalies caused
by local and distant earthquakes.

Chadha et al. (2003) reported four cases of coseismic
changes in well around Koyna-Warna region in western
India. Koyna region is known to be site of the world’s
largest Reservoir Triggered Earthquake of M 6.3 in
1967. For the last 5 decades, earthquakes of M� 5.0 con-
tinue to occur in a small source volume of the dimension
30 � 15 � 10 km3 in this region. To comprehend the
cause-and-effect relationship between local earthquakes
and water level changes, 21 boreholes were drilled sur-
rounding the seismic source volume. Out of the 21 bore-
holes, 10 were found to be connected to confined
aquifers and showed strong tidal signals. Analysis of data
from these wells from 1997 to 2003 revealed four cases
of coseismic changes associated with earthquakes of
M � 4.2. Figure 1 shows a coseismic steplike increase in
two wells in the Koyna region, which is preceded by pre-
cursory drop in water levels prior to the M 4.4 earthquake.
While coseismic increase of 2–7 cm in water levels was
observed for earthquakes of M 4.3–4.7 in three cases,
a troughlike decrease up to 8 cm was observed at seven
wells for an M 5.2 earthquake. All these earthquakes
occurred within the network of wells drilled for the study.
From their studies, Chadha et al. (2003) concluded that the
magnitude of the earthquake and epicentral distance to the
wells are two vital parameters for recording the hydrolog-
ical anomalies in well water levels. In Koyna, coseismic
anomalies were recorded in wells for earthquakes of
M � 4.3 located up to 24 km distance. Although there
were several earthquakes of M < 4.0 during the period
of study, no anomalous changes were observed in well
recordings. Also, few precursory anomalies were also
interpreted for local earthquakes that showed coseismic
changes.

Using data of M 4.4 earthquake in Koyna, Chadha et al.
(2005) tested the hypothesis that “well level fluctuations
respond to changes in crustal volume strain that is induced
by an earthquake in the form of step like coseismic change.”
Using Okada’s (1992) formulation, they calculated the
static volumetric strain at the surface of a homogeneous half
space to see whether the coseismic steps observed for this
earthquake agree with the observations of Wakita (1975)
that the water level in a well shall rise or fall based on the
location of the well with reference to the disposition of the
fault plane. The results showed that expanding and
contracting zones representing the static volumetric strain
field agree with the observations of well level changes indi-
cating that well-aquifer system indeed has the potential to
reflect coseismic volumetric strain changes, similar as with
the tidal fluctuation in volume strain. Further, using the
strain sensitivities obtained from tidal analysis, they showed
that there was misfit in amplitudes of the observed and cal-
culated coseismic steps. Based on this study, they con-
cluded that coseismic strains may be a function of site
effects controlled by local heterogeneity in geological struc-
tures. Thus, simple elastic models cannot explain the ampli-
tudes of hydrological anomalies wholly. Huang et al. (1995)
have earlier suggested a nonlinear response of water levels
to coseismic strains due to local heterogeneities. Earlier,
Grecksch et al. (1999) have also observed coseismic well
level steps to be higher than predicted from strain
sensitivities.
Transient seismic signals
Seismic waves from distant earthquakes can cause
changes in well water levels at great distances due to the
passing of seismic waves (Rexin et al., 1962). There are
several reports of such changes from different parts of
the world, following the Sumatra earthquake of Mw 9.3
on December 26, 2004 (Kitagawa et al., 2006; Sil, 2006;
Sil and Freymueller, 2006; Wang and Manga, 2006;
Chadha et al., 2008). Earthquake-induced water level
changes at distant locations were also reported after the
Denali earthquake (Brodsky et al., 2003; Harp et al.,
2003; Stricherz, 2003; Cassidy and Rogers, 2004; Kayen
et al., 2004; Sil, 2006). It is thought that dynamic oscilla-
tion in crustal strain in an aquifer due to a seismic wave
mainly caused dynamic oscillation in the groundwater
level. Seismic oscillations, due primarily to surface waves
from distant events, occur in some wells tapping highly
transmissive aquifers (Liu et al., 1989; Liu et al., 2006).
Earlier, several workers have shown that anomalous
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well-water level changes occur in response to deformation
of the connected aquifers because of seismic waves
(Cooper et al., 1965, 1967; Liu et al., 1989), fault creep
(Wesson, 1981; Roeloffs, 1996, 1998), tidal strain
(Bredehoeft, 1967; Van der Kamp and Gale, 1983), or
atmospheric loading (Rojstaczer, 1988). Cooper et al.
(1965) and Kunugi et al. (2000) showed that the amplitude
of the oscillation in groundwater level is enhanced in
a particular period due to the characteristics of the well-
aquifer system.

M 9.1 Sumatra earthquake of 2004 and transient
seismic signals
Kitagawa et al. (2006) reported water level changes in
wells due to Sumatra earthquake of 2004 at a distance of
more than 5,000 km in Japan. At 38 of the 45 observation
stations, these changes were recorded. Ishii-type borehole
strain instruments installed in 10 of the observation sta-
tions also recorded changes in crustal strains. Most of
these changes in crustal strains and groundwater levels
were dynamic oscillations due to a seismic wave. Sil and
Freymueller (2006) reported anomalous changes in wells
in Fairbanks, Alaska due to the passing of seismic waves
of Sumatra earthquake. Chadha et al. (2008) reported large
water level changes in six bore wells in the Koyna region
in western India, following the Great Sumatra earthquake
of Mw 9.3 in December 26, 2004. This earthquake
occurred at 00:58:50 coordinated universal time (UTC)
off the coast of Sumatra located about 3,000 km from
the Koyna region. The arrival time of the Pwave recorded
at the Koyna seismic station was 01:04:24.45 (UTC). The
anomalous water level changes were observed at 01:15
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(UTC) at all of these wells where the sampling rate was
15 min. No abnormal changes were noticed in the preced-
ing sampling time at 01:00 (UTC), clearly indicating that
these changes occurred due to the passage of seismic
waves generated by the Sumatra earthquake. However,
due to the large sampling interval, it was difficult to corre-
late the water level changes either to shear or surface
waves. No local earthquake was recorded by the network
during this period. The anomalous water level changes
were of the order of 2–65 cm and showed either a spikelike
or a steplike change. These types of changes are attributed
to the dynamic strain induced by the passage of seismic
waves, most probably long period surface waves.
Summary and conclusion
Earthquakes can cause changes in well water levels in near
and far fields. This has been exemplified by several
reported cases in the literature during the last 3 decades.
Therefore, water level monitoring becomes a valuable tool
for earthquake prediction research. Although, the
coseismic and transient water level changes are well
established, the greatest challenge is to identify precursory
anomalous changes that can be identified prior to the
occurrence of earthquakes. Very often, these precursory
changes that represent the pre-earthquake phase are very
small and therefore not very obvious in the raw data. This
is due to the response of wells to large atmospheric pres-
sure, significant precipitation, or earth tides, which may
obscure these smaller earthquake-related changes. Sophis-
ticated filtering techniques have to be developed to deci-
pher the earthquake related anomalies from non-tectonic
effects in the data. Definite patterns of water level anoma-
lies have to be established, both site specific and global, so
that predictive capabilities can be developed. This could
be done with continuous monitoring of dedicated net-
works of wells around known seismically active regions
in different countries.

At present, three categories of anomalies have been
reported, namely, co- and preseismic, aseismic, and tran-
sient changes. In the first category, a steplike coseismic
rise or fall has been observed. This type of coseismic steps
is understood as sudden pore pressure changes related to
an alteration in in-situ volume strain caused by the redistri-
bution of stress in the brittle crust (Bodvarsson, 1970;
Kuempel, 1992; Muir-Wood and King, 1993). Some-
times, these coseismic steps were found to be preceded
by persistent water level drops prior to the earthquakes.
According to Sadovsky et al. (1979) and Monakhov
et al. (1983), the most common precursor is a water level
drop of a few centimeters amplitude several days before
the earthquake. Typically, the drop is beginning to recover
when the earthquake occurs. This type of anomaly has
been referred to as “rebound anomaly” (Igarashi et al.,
1992) and is believed to be related to an increase of poros-
ity and permeability due to fracturing, with the subsequent
recovery attributable either to influx of fluid or to com-
pression (Roeloffs, 1988). Another type of precursory
water level drop that occurs much prior to coseismic steps,
but recovers just before the earthquake. This type of water
level drops could be due to aseismic creep along a fault
plane where the earthquake stress is building up. The third
type of precursory change occurs and recovers much
before the occurrence of the earthquake. This type of
water level drops and recovery is believed to be due to
small slips on the hanging wall of a normal fault prior to
occurrence of the main earthquake. All these precursory
changes are established in the hindsight, that is, after the
occurrence of earthquakes. Continuous data sets for long
periods will help in establishing these kinds of anomalies.
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Definition
Lithosphere. The cool, uppermost layer of the solid earth
that moves as a unit and has some long-term elastic rigid-
ity. It usually consists of both crust and the uppermost
mantle. The mantle portion is typically characterized by
high seismic velocities and low attenuation.
Asthenosphere.Amore deformable, low-viscosity layer in
the mantle underlying the lithosphere. Characterized by
low seismic velocities and relatively high attenuation.
Anisotropy. Physical properties at any one point varying
depending on direction; for seismic waves, velocity may
depend on direction of propagation and direction of polar-
ization of the wave.

Introduction
Mid-ocean ridges are spreading centers where two oce-
anic, lithospheric plates move apart. The separation of
the plates induces upwelling in the underlying astheno-
spheric mantle. Because melting temperature decreases
with decreasing pressure, as the mantle upwells, it
undergoes pressure-release partial melting, producing
magma that migrates upward to form new oceanic crust.
As the plates move away from the spreading center, heat
is lost to the surface conductively by diffusion and
convectively by hydrothermal circulation. As the crust
and mantle lose heat, the magma solidifies, and the plates
thicken and cool with increasing age of the seafloor.

Although the general outline of the processes beneath
mid-ocean ridges leading to the formation of new seafloor
is well known, there are many questions remaining about
the details of the mantle flow, melt generation, and melt
migration that have not yet been fully answered. For
example, along mid-ocean ridges, spreading centers are
offset and segmented by transform faults and overlapping
spreading centers. Are there distinct centers of mantle
upwelling beneath each ridge segment or is the segmenta-
tion a shallow manifestation of stresses within the litho-
sphere with upwelling a more or less continuous
phenomenon in the asthenosphere? How broad and deep
is the melt production region?

The propagation of seismic waves through the crust and
mantle provides one of the most direct ways of probing the
structure beneath the ridges associated with plate separa-
tion and crust formation. The velocity, attenuation, and
anisotropy of the waves are affected by temperature, com-
position, the presence of melt or cracks, and the crystal
fabric. Tomographic images and maps of crustal and
uppermost mantle structure are typically created in active
source experiments where artificial sound sources, such
as air guns, are recorded by ocean bottom seismometers
(OBS) and/or long arrays of hydrophones towed behind
ships. Deeper mantle structure is probed using signals
generated by distant, teleseismic earthquakes recorded
on arrays of ocean-bottom and land seismometers over
periods of months to years. The logistical difficulty and
expense of such experiments means that relatively few
mid-ocean ridges have been studied in detail.

Mantle structure
A cross section of the shear velocity structure beneath the
East Pacific Rise spreading center is shown in Figure 1 in
comparison to the velocity variations that would be expected
for simple conductive cooling of the plates if shear velocity
were sensitive only to temperature and pressure. This tomo-
graphic image is based on the propagation of Rayleigh sur-
face waves across two OBS arrays deployed for periods of
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6 and 12 months. The expected thickening of the plate with
increasing distance from the ridge axis as the plate cools is
clearly observed in the form of increasing shear wave veloc-
ity near the surface. Velocity changes extend substantially
deeper than is predicted and the shear velocity is lower than
expected for the direct effects of temperature variations. Both
of these departures from the predictions are indications that
partial melt may be present, which could reduce the shear
(S) wave velocity.

The lowest velocities are observed at depths of 60–
80 km, where petrological models predict maximum melt
production. There also are very low shear velocities at
shallow depths immediately beneath the ridge axis, which
may represent higher melt concentrations in the mantle
that accumulated as melt migrates upward and inward to
form the new oceanic crust at the ridge axis.

Another important feature of the shear velocity structure is
the asymmetry across the ridge axis. To the east, beneath the
Nazca plate, the high-velocity surface layer increases in
thickness more rapidly and the very low-velocity region is
absent. This asymmetry is also observed in the degree of
shear wave splitting, an indicator of anisotropy, in delays
of compressional (P) and S waves, in electrical conductivity,
and in the rate of subsidence of the seafloor away from the
ridge axis (MELT Seismic Team, 1998; Evans et al., 1999).
S wave tomography indicates that the asymmetry may
extend to depths of 200 km or more (Hammond and
Toomey, 2003). The asymmetry is probably caused by
large-scale mantle flow coming from the hotspot region to
the west beneath the Pacific plate, coupled with migration
of the spreading center to the west. The fast direction for
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Seismic Structure at Mid-Ocean Ridges, Figure 1 Tomographic
cross section of the East Pacific Rise, comparing predicted shear
velocity structure (top) to observed structure (bottom). Contours
are labeled in km/s. Velocities are significantly lower than predicted
for temperature effects alone, suggesting the presence of partial
melt. After Harmon et al. (2009).
seismic wave propagation, as indicated by shear wave split-
ting and Rayleigh wave anisotropy, is perpendicular to the
East Pacific Rise, consistent with the alignment of olivine
crystals in the mantle expected for plate formation and flow
from the west.

The East Pacific Rise is one of the fastest spreading
ridges, with full spreading rate of about 14 cm/year. Pro-
nounced asymmetry is also observed across the Reykjanes
Ridge south of Iceland (Figure 2), which has a full spread-
ing rate of only about 2 cm/year (Delorey et al., 2007). In
this case, the tomographic study took advantage of the
existence of arrays of stations on Iceland, which straddles
the Reykjanes/Mid-Atlantic Ridge. Like the East Pacific
Rise, very low shear velocities (�4.0 km/s) indicative of
the presence of melt are found in a broad region beneath
the ridge. For both the East Pacific Rise and the Reykjanes
Ridge, there is too little attenuation of surface waves to
attribute the very low velocities to the effect of high tem-
perature alone. Velocities at depths shallower than 80 km
are lower on the west side, beneath the North American
plate, perhaps due to the westward migration of the ridge
and upwelling in the mantle in the wake of the thicker
North American lithosphere farther west. The anisotropy
pattern is different than for typical mid-ocean ridges, per-
haps indicating that there is along-axis flow away from the
Iceland hotspot in the asthenosphere.

To date, there have been no experiments that provide
good control of along-axis variations in mantle structure at
depths of tens of kilometers or more where melt production
is expected to occur. In the Gulf of California, a surface wave
study showed that there are along-axis variations in shear
velocity with minima spaced at intervals of about 250 km,
perhaps indicative of discrete upwelling centers (Wang
et al., 2009), but that spreading system is flanked by conti-
nental crust on both sides and dominated by long transform
faults, so it may not be typical. At shallower depths just
–400
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Figure 2 Tomographic cross section of shear wave velocity
structure across Reykjanes Ridge south of Iceland. Note strong
asymmetry in upper 100 km between North American plate
(west) and European plate (east). After Delorey et al. (2007).
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beneath theMoho (the transition from crust to mantle), there
are clearly along-axis variations in P-wave velocity on the
northern East Pacific Rise, the boundary between the Pacific
and Cocos plates (Toomey et al., 2007). Using long offset
arrivals refracting from the Moho (Pn) observed in an active
experiment, velocity minima were found spaced about
25 km apart (Figure 3). P-wave velocities in the minima
are 7.4 km/s or less, suggesting the presence of 1–3% melt
distributed in films or thin sheets (typical P-wave velocities
at the Moho are 7.8–8.4 km/s). However, it is not clear
whether these apparent centers of melt lie above centers of
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Seismic Structure at Mid-Ocean Ridges, Figure 3 Bathymetry of t
9 km beneath the seafloor (right). Dashed lines show plate bounda
intervals. Squares and circles are locations of ocean bottom receive
0.1 km/s. Green lines with double arrowheads indicate fast directio
indicate direction of relative motion between the Pacific and Cocos p
plate boundary. After Toomey et al. (2007).
upwelling mantle or they represent a scale length associated
with melt migration.

Most of the centers of melt concentration lie beneath or
very close to the spreading center determined from
detailed bathymetric surveys, but one at 9� 30’ N is
displaced several kilometers from the axis. Because the
fast direction for P-wave propagation is skewed from the
spreading direction and is not perpendicular to the strike
of the ridge axis, Toomey et al., inferred that upwelling
and mantle flow at depth may also be skewed, controlling
the location of the velocity minima just below the Moho.
0' –104� 30' –104� 00'

7.2 7.4 7.6 7.8 8.0 8.2 8.4
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Nuvel 1A

he East Pacific Rise (left) and tomographic image of the mantle
ry. Solid lines show locations of air gun shots fired at 500-m
rs. Contour interval on tomographic image of P-wave velocity is
n for anisotropic wave propagation. Black lines with arrows
lates. Note that some of the slowest region is displaced from the
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Crustal structure
Basaltic melt migrates upward through the mantle and is
focused at the ridge axis. The mechanisms for focusing are
still not well known: there may be melt-rich channels at the
base of the lithosphere that guide the melt upward and
toward the ridge axis; there may be pressure gradients within
the deformingmantle that help push themelt toward the axis;
or there may be anisotropic cracks or dunite channels that
form easy paths for melt migration. Once the melt reaches
crustal levels, there may be redistribution along axis through
dikes or a continuous magma chamber. It is clear from seis-
mic studies, however, that there is very little magmatic addi-
tion to the crust outside the immediate vicinity of the ridge
axis. The crust is essentially full thickness at the spreading
center itself (Detrick et al., 1987).

The classic model of oceanic crust is a layer of extru-
sive basalts at the surface in the form of porous pillow
basalts and sheet flows, underlain by a region of sheeted
dikes that feed the extrusive layer from a magma chamber,
and the lower crust consisting of gabbros that solidify
from the magma chamber or underlying mush zone. The
seismic structure has also commonly been described in
terms of layers that have often been equated to the litho-
logical layering: layer 2A is a low-velocity layer at the sur-
face several hundred meters thick (layer 1 is sediments
that are deposited on top of the basaltic crust); layer 2B
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shown at top, with red shallow to blue, deep. The red regions belo
magma chamber is at the top of these anomalously slow regions.
is a transition region in which the P velocity increases rap-
idly downward; and layer 3 has low vertical velocity gra-
dients and high P-wave velocities of 6.5–7.0 km/s.
A number of investigations, however, have demonstrated
that the seismologic layering does not correspond exactly
to the lithological layering and that seismic structure is pri-
marily controlled by porosity. The middle to lower crust,
layer 3, contains both dikes and gabbro bodies.

At the axis of fast-spreading ridges, there usually is
a low-velocity region only a few kilometers wide at most
that represents a zone of partial melting that extends
throughout the crust (Figure 4). At the top of this low-
velocity region is a very low velocity layer, which is
imaged as a prominent reflector in seismic reflection pro-
files at depths of 1.5–2.5 km on the East Pacific Rise
(Detrick et al., 1987). The depth to this reflector tends to
increase with decreasing spreading rate or proximity to
a fracture zone and it is typically absent at slow-spreading
ridges (Singh et al., 2006). The width varies from about
250 m to several kilometers. It is interpreted as the top of
an axial magma chamber (AMC) or melt sill, with typical
thickness less than 100 m. Modeling of P to S conversions
in wide-angle reflections indicates that melt content in the
AMC varies from nearly 100% to less than 30% along the
ridge (Singh et al., 1998; Canales et al., 2006). Estimates
of melt content in the deeper crustal mush zone (consisting
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error bars. Location of ocean-bottom hydrophones indicated by asterisks.
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of a mixture of melt and crystals) are of the order of 2–8%
in the lower crust and 3–12% near the Moho (Dunn et al.,
2000). The fact that the zone in which melt is present is so
narrow even at fast-spreading ridges means that hydro-
thermal circulation must be very efficient in removing
heat, as purely conductive cooling of the crust would
result in a much wider zone of partial melting.

Although there are variations in structure along-axis at
fast-spreading ridges, the along-axis variations are much
more pronounced at segmented, slow-spreading ridges. Typ-
ically, the crust thins approaching transform offsets. Within
the fracture zone itself, the basaltic crust may be as thin as
1 km or less, but seismically there may be an altered, frac-
tured layer that is a few kilometers thick and characterized
by unusually low velocities, so that it looks like crust. The
low-velocity region in the fracture zone, however, probably
is mostly mantle that is altered by interaction with water pen-
etrating down cracks that are repeatedly opened by slip along
the transform fault. Near the center of ridge segments
between two transform offsets, the crust tends to be thicker
and lower in velocity than elsewhere (Figure 5), suggesting
that melt is preferentially delivered to the crust from theman-
tle at that point. The upper crust at slow spreading ridges is
anisotropic, with P-waves traveling faster along axis than
perpendicular to it, indicating that faults and fissures are pref-
erentially aligned parallel to the spreading center (Barclay
and Toomey, 2003).

Summary
The seismic velocity structure of mid-ocean ridges is con-
trolled by crustal thickness, cracking or porosity, tempera-
ture, melt, and crystal orientation. Low-velocity regions in
the mantle that are caused by high temperatures and partial
melt indicate that melt is generated in a broad region
beneath spreading centers. Asymmetries in the velocity
structure show that upwelling and melting beneath ridges
are strongly influenced by global mantle circulation and
plate motions. Crustal low-velocity regions are concen-
trated very near the ridge axis, so melt must migrate both
vertically and horizontally to the ridge axis from the broad
melt production region. The narrowness of the low-
velocity zone in the crust requires that hydrothermal circu-
lation must rapidly cool the crust. Along-axis variations,
particularly at slow-spreading ridges, suggest that melt is
preferentially delivered to the center of ridge segments.
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Definition
The term tomography derives from the Greek tοmοB, or
slice. “Seismic tomography” is used for a variety of
methods that use transmitted seismic waves to estimate
the spatial variations in properties (wave velocity, density,
attenuation) inside the Earth, which are often represented
as images of two-dimensional cross-sections or “slices.”
It is conceptually different from seismic migration, which
uses reflected waves to image sharp discontinuities.

History
In 1971, P. Bois at the Institut Français de Pétrole was the
first to suggest the tomographic method in order to locate
the causes of delays in seismic waves between two bore-
holes. His paper predates many future developments but
was written in French and remained largely unnoticed. In
the mid-1970s, Keiti Aki from MIT applied a linear inver-
sion to locate velocity heterogeneities beneath large nuclear
monitoring arrays in Norway and Montana, and Harvard’s
Adam Dziewonski began interpreting the time residuals
published by the International Seismological Center (ISC)
in the UK in terms of global velocity anomalies.

In 1982, Guy Masters and his colleagues at the Scripps
Institution of Oceanography discovered a strong degree-2
component in the geographical distribution of the slight
shifts in the spectral peaks of the Earth’s normal modes.
Since then, the Earth’s free oscillations have contributed
to constrain the heterogeneity in the Earth at the longest
wavelengths and as deep as the inner core. By 1984 John
Woodhouse and Adam Dziewonski at Harvard published
a first global model for shear velocity in the upper mantle
based on long-period surface waves.

However, to image smaller scale anomalies, the shorter
wavelengths of P and S-waves are indispensable. In par-
ticular, Steve Grand at the University of Texas, Rob van
der Hilst and Wim Spakman at Utrecht University and
Yoshio Fukao and colleagues at the University of Tokyo
pioneered high-resolution body-wave tomography using
iterative solvers for the huge systems of linearized equa-
tions and established in the early 1990s that some, but
not all, subducting slabs are able to sink well into the
depths of the lower mantle.

Thermal plumes in the lower mantle were for the first
time reliably imaged in 2003 by Raffaella Montelli, using
a new technique of finite-frequency tomography devel-
oped by Tony Dahlen and Guust Nolet and their collabora-
tors at Princeton University.

For references and a detailed account of the history of
seismic tomography see the reviews by Romanowicz
(2003) and Rawlinson et al. (2010). Nolet (2008) provides
a general introduction into the methods of seismic tomog-
raphy, including the theoretical aspects that are here
discussed only briefly.

Onset times
Much of seismic tomography is based on estimating the
arrival time of a seismic body wave by picking the “onset”
of a phase on the seismogram, and interpreting the travel time
T using the infinite-frequency approximation of ray theory:

T ¼
Z

raypath
sðrÞds (1)

where the raypath is determined by Snell’s law and where
s is the inverse velocity n�1 of the wave at the location r.
The raypaths may be located between two boreholes, e.g.,
tomonitor the exploitation of an oil or gas field, between sev-
eral explosive sources and an array of seismographs at the
surface (deep seismic sounding), between a seismogenic
zone and a local array of seismographs, or between an earth-
quake and the global network of seismic stations.

The raypath is often approximated by the path calcu-
lated for a spherically symmetric Earth or a horizontally
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Seismic Tomography, Figure 1 Examples of raypaths for
a P wave in an equatorial cross-section from a hypothetical
earthquake at a depth of 248 km located at 0�N, 150�E.
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layered background model. Examples of global raypaths
are given in Figure 1. This approximation is permitted
because ray trajectories render the travel time stationary,
such that small deviations in the true ray path location only
cause second order errors in the travel time calculated with
Equation 1, a property of rays known by the name of
Fermat’s Principle. In practice, one usually prefers to
invert for the difference between the true Earth and
a starting- or background model: dsðrÞ ¼ sðrÞ � s0ðrÞ,
and use the difference between observed time T and its
prediction T0 from the background model as datum:
dT ¼ T � T0:

dT ¼
Z

raypath
dsðrÞds (2)

For strongly heterogeneous regions such as subduction

zones, one may need to use three-dimensional ray tracing
and an iterative approach using (Equation 2).

Model parameterization and inversion
The model dsðrÞ can be described by a finite number of
parameters if it is developed in terms of a basis ofM inter-
polating or “basis” functions hkðrÞ:

dsðrÞ ¼
XM
k¼1

mkhkðrÞ (3)

The basis functions may be represented by homoge-

neous cells, linear interpolators in a tetrahedral or other
mesh, spherical harmonics, or 3D wavelets. Substitution
of Equation 3 in Equation 2 gives a formal system
of linearized equations for N estimated travel times
dTi; i ¼ 1; :::N , arranged in a vector dT :

dT ¼ Am (4)

where Aik ¼
R
raypathi

hkðrÞds. Since many raypaths
may overlap, the system (Equation 4) is usually overdeter-
mined and needs to be solved by a least squares solver that
minimizes w2, the length of the misfit vector weighted by
the data standard error ei:
w2ðmÞ ¼
XN
i¼1

PM
k¼1 Aikmk � dTi

ei

 !2

(5)

Mathematically, this is accomplished by first dividing

the system (Equation 4) by the standard error of the data
(i.e., multiplying by the inverse square root of the
covariance matrix C which is generally assumed to be
diagonal), and backprojecting the system using the
transpose AT of A:

ATC�1
2Am ¼ ATC�1

2dT (6)

One often scales the equations a priori such that the data

have unit error ei ¼ 1 and C ¼ I , which has the same
effect. In the following we therefore ignore C.

Usually, Equation 6 is at the same time overdetermined
for some parameters and underdetermined for others (the
determinant of ATA being zero): there are in that case infi-
nitely many models that satisfy the data within the mea-
surement uncertainty and one needs to regularize the
solution. This can be done by choosing the solution that
minimizes a weighted penalty of w2, model norm and
model roughness, by strongly truncating a development
in spherical harmonics, or by choosing the sparsest
decomposition in wavelets that still satisfies the data. This
generally involves a subjective choice between the degree
of detail one allows in a model and the goodness of fit to
the data. Generally, one aims for a w2 approximately equal
to the number of data N – in other words, one attempts to
fit the data at the level of about one standard deviation.
Invariably, a trade-off exists between the detail allowed
in the model and the statistical precision with which the
model parameters can be determined: the sharper the
detail, the more uncertain the mk.

Regularization can also be done in a fundamentally dif-
ferent way by inverting for local averages in dsðrÞ that can
be estimated linearly from the data with a specified vari-
ance, though this can only be done at the expense of
a significant increase in computing time (Backus-Gilbert
theory). In this case the trade-off is between the size of
the averaging volume and the model variance: averages
over larger volumes are determined with smaller statistical
uncertainty.

Whatever method is used, the system (Equation 4) may
be very large (e.g., 106 data for 105 unknown model
parameters). Local parameterizations (cells, as opposed
to spherical harmonics) render A sparse, and the system
can be solved efficiently using iterative solvers that adapt
to sparse matrices, such as LSQR.

Normal modes and surface waves
The eigenfrequencies nom

‘ of the Earth are characterized
by three quantum numbers ‘;m and n, related to the num-
ber of nodal surfaces in the displacement field of the Earth
with latitude, longitude and depth, respectively. For a non-
rotating, isotropic, spherically symmetric Earth the
spectrum is degenerate in the sense that the frequency is
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Seismic Tomography, Figure 2 The sensitivity of the cross-
correlation time to the earth structure, for a long-period P wave
from a surface source at 0�N, 120�E, recorded at a distance of
60�. The kernel is plotted in an equatorial cross-section of the
mantle, the grayscale runs from large negative values (black) to
positive (white). The sensitivity is zero at the location of the
geometrical raypath, forming a “doughnut hole” in the banana-
shaped kernel.
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independent of the azimuthal order m. For the real Earth,
a weak dependence on m splits each eigenfrequency into
2‘þ 1 separate frequencies that are too closely spaced to
be resolvable except for the very lowest angular order ‘.
Instead, a composite spectral line or “multiplet” is
observed with a peak that depends on the location of the
seismic station – a direct consequence of the fact that the
2‘þ 1 single peaks have amplitudes that depend on geo-
graphical location by virtue of their spherical harmonic
dependence on latitude and longitude.

Two major strategies exist to exploit the small fluctua-
tions in the spectrum. Decomposing the free oscillation
into surface waves traveling in opposite directions, ray
theory may be used to establish a linear relationship
between the heterogeneity along the great circle between
source and receiver and the observed peak shift in the
spectral line. At higher frequency we separate single pas-
sages of the surface wave and exploit the linear relation-
ship between fluctuations in the observed phase velocity
and the Earth’s heterogeneity. In both cases, the relation-
ship between the Earth’s heterogeneity and the observed
datum is a two-dimensional integral along the great circle
of the form:

do ¼
Z a

0

Z

gc
KðrÞdsðrÞdsdr; (7)

where the kernel K(r) is computed using first order pertur-
bation theory of the differential equations governing the
Earth’s free oscillations.

Alternatively, we may exploit the known distribution of
amplitudes of single peaks over the surface of the Earth to
invert for the location of these peaks (“mode splitting”).
The small frequency shifts dom are themselves the eigen-
values of a splitting matrix H of which the elements are
linearly related to the variation of density and elastic
parameters in the Earth. We can estimate H from the seis-
mic data using autoregressive filtering techniques. This
way we avoid any ray-theoretical approximations and
obtain a three-dimensional integral constraint that can be
used to solve for the large-scale variations in the Earth’s
density and elastic properties.

Finite-frequency tomography
Modern, broadband digital instrumentation allows for
a robust estimation of the delay of an observed seismic
wave s1ðtÞ with respect to a theoretically predicted (“syn-
thetic”) waveform s2ðtÞ or with respect to the same phase
observed elsewhere, by locating the maximum in the
cross-correlation CðtÞ between the two signals:

dT ¼ arg max
t2½t1;t2�

CðtÞ;

CðtÞ ¼
Z t2

t1
s1ðtÞs2ðt� tÞ dt ;

(8)

where the integration interval ðt1; t2Þ extends over all
timeswhere the integrand is nonzero. The cross-correlation
delay is thus fundamentally different from the delay mea-
sured by picking the onset of s1ðtÞ, because it represents
an integral measure over a time window that is at least as
long as the dominant period of s1ðtÞ. Heterogeneities inside
the Earth may influence the integral by scattering waves in
the direction of the recording station that arrive within the
time window. The most serious consequence is that energy
may diffract around a small heterogeneity, thus masking or
dominating the slower or faster arrival that has crossed the
heterogeneity. This phenomenon of “wavefront healing”
biases observed delay times to zero, especially if the anom-
aly is located at some distance from the source and receiver.

Taking wave diffraction into account leads to a three-
dimensional integral constraint of the form:

dT ¼
Z

V
KðrÞdsðrÞd3r ; (9)

where the kernel K(r) can be efficiently calculated using
ray theory for scattered waves. The effective volume of
integration V is roughly equivalent to that of the Fresnel
zone of the ray, where the sensitivity is largest. An exam-
ple of a finite-frequency kernel is shown in Figure 2.
Remarkably, the cross-correlation travel time is insensitive
to perturbations in the Earth’s properties at the location of
the ray path. Because of this hole in the sensitivity and
their general shape, finite-frequency kernels are often
referred to as “banana-doughnut” kernels. Numerical tests
have shown that the finite-frequency kernels accurately
model the loss of signal caused by “wavefront healing,”
the gradual reduction of a delay caused by waves
diffracting around a small heterogeneity. By estimating
delays in different frequency bands, one gains information
about the size of the heterogeneity in the Earth.

Though finite-frequency kernels were initially pro-
posed to provide a better theoretical modeling of long-
period signals affected by wavefront healing, they offer
the advantage of being able to model the healing as
a function of frequency, and thus obtain independent
information on the size of the heterogeneity. Such “multi-
ple-frequency” tomography may significantly increase
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resolution (Sigloch et al., 2008). Finite-frequency sensi-
tivity can also be formulated for the amplitude perturba-
tions caused by attenuation and by focusing/defocusing
(focusing cannot be handled with ray theory because ray
theory does not model amplitudes correctly at low fre-
quency and is very nonlinear at high frequency).

Instead of inverting for a cross-correlation delay or an
amplitude perturbation, one can formulate a 3D sensitivity
directly for the observed time series, though this has the
disadvantage that the observed and predicted waveforms
have to be close enough in phase that the phase difference
can be adequately modeled by adding a small perturbation
to the waveform itself (in fact modeling eij � 1þ ij).
This limits the inversion to waveforms with small time
mismatches, in contrast to the delays estimated through
(Equation 8), which remain linear for large anomalies.

All types of data – delays, amplitudes and waveform
mismatches – can be iteratively inverted using an adjoint
approach, in which the best fitting model is sought along
the gradient Hmw2 (Tromp et al., 2005), e.g., for delay
times scaled to unit variance:

Hmw2 ¼ AT ðAm� dTÞ (10)

For waveforms, the matrix A is in this case the matrix

representation of a finite-difference or spectral-element
algorithm that produces the predicted seismograms and AT

is the adjoint operator that projects the seismograms back
in time. Since this allows one to backproject all residual
seismograms for one earthquake with only one calculation,
and since only the product of the adjoint matrix and the
residual data vector is needed, this allows us to avoid
computing the partial derivatives separately for each datum
dTi with respect to each model parameter mk. The adjoint
approach has some advantages over a direct matrix
inversion for large-scale problems, in particular those with
few sources and many stations, because it does not require
the storage of a large matrix, which is especially important
for waveform inversions.

Summary
The equations of seismic tomography are integral equa-
tions; the observations are weighted averages of the prop-
erties of the Earth (Equation 9). Though often treated as
line integrals, assuming ray theory is valid, even a 1 Hz
P wave senses a volume or Fresnel zone inside the Earth
that is several hundred kilometers wide. The inversion of
integral equations demands care to avoid that noise (errors
in the data) is interpreted as small differences in such aver-
ages which may require large spatial variations in the
Earth’s properties. This imposes a fundamental limitation
to the resolving power of seismic waves that even finite-
frequency theory cannot completely avoid. The theoreti-
cally best available horizontal resolution, using the highest
observable seismic frequencies, is of the order of hundred
kilometers in the lower mantle. In practice, this lower limit
is not yet reached because of the limited coverage of the
Earth’s surface with seismic stations. On land, the
coverage can be improved markedly using temporary
deployments of seismic arrays, but this is much more dif-
ficult and expensive to do in the oceanic domain. Major
improvements on a global scale are therefore to be
expected only if we solve the problem of oceanic
seismometry.
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Definition
Seismic velocity is defined as the speed with which
a seismic wave travels through a medium and is measured
in km/s. The density is the mass per unit volume and is
expressed in g/cc.
Types of seismic waves
The body wave and the surface wave are the main seismic
waves. The body waves are the longitudinal (P) and the
shear (S) waves in which the particles vibrate parallel
and perpendicular to the direction of wave propagation
respectively. The velocities of P-wave (VP) and S-wave
(VS) are related to the density, r as
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VP ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
kþ 4

3m
r

s
(1)

ffiffiffi
m

r

VS ¼

r
(2)

where k and m are the bulk and rigidity moduli respec-
tively. It appears that the seismic velocity and density are
inversely related, but the denser rocks are characterized
by higher velocities compared to lighter rocks because
the density also depends on k and m. The halite with low
density (1.8 g/cc) and high VP (4.5 km/s) shows an excep-
tion. Generally velocities and densities increase with
depth. The inversion of this trend also is observed due to
pore pressure, fluids, or sediments below volcanics.

General relation between velocity and density
(a) Birch’s law – To fit measurements from crustal and

mantle rocks, Birch (1961) established a linear rela-
tionship between VP and r as

VP ¼ aþ b r (3)

where a and b are empirical parameters.
(b) Gardner relation – Gardner et al. (1974) conducted

field and laboratory measurements on saturated sedi-
mentary rocks and determined the velocity–density
relation as

r ¼ aVb
P (4)
where a = 0.31 and b is 0.25. Major sedimentary rocks fall
within a narrow corridor around the Gardner curve. Coals,
anhydrite, and salts exhibit large deviations from this
trend. The deviation increases with porosity, and becomes
higher for lower densities.

Estimation of seismic velocity and density from surface
measurements provides important inputs to understand the
structure and tectonics of the earth. Since gravity is
a potential field, velocity structure is often used to con-
strain the gravity modeling (Behera et al., 2004) by
converting the velocity into density using above formulas.
Use of Ludwig et al. (1970) formula to relate VP with r is
also very common in crustal studies.
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Definition
The seismic velocities of subsurface rocks decrease with
temperature but experience opposite effects due to
increase in pressure (depth).
Velocity–temperature equation
On an average, the pressure increases at a rate of 30 MPa/
km and the temperature raises at a rate of 25�C/km from
surface to a few tens of kilometers. Further deep down,
this increasing rate of temperature gradient decreases to
small values. Since seismic velocity (V ) decreases with
temperature (T ) and increases with pressure (P), we need
to know the combined effects of P and T for interpreting
seismic velocities at different depths. The generalized
relation for the variation of velocity with depth, Z can be
expressed as

dV

dZ
¼ @V

@P

� �

T

dP

dZ
þ @V

@T

� �

P

dT

dZ
(1)

where @V
@P

� �
T
denotes the change in velocity with pressure

at constant temperature (isotherm) and @V
@T

� �
P
is the change

in velocity with temperature at constant pressure (isobar).
dP
dZ and dT

dZ are the vertical pressure and temperature gradi-
ents respectively.

To make petrological inferences, the crustal and litho-
spheric seismic velocities are to be corrected to the exper-
imental reference values (i.e., constant pressure of 100
MPa and room temperature of 20�C). Rybach and
Buntebarth (1984) have defined the correction factor ( f )
to the P-wave velocity (VP) at a given P and T as

VP 20�C; 100 MPað Þ ¼ VPðP;TÞf

¼ VP 1þ DT
@VP

VP@T
� DP

@VP

VP@P

	 
 (2)

As per Equation 2, the corrections to the field velocities at
depths from 1 to 50 km are of the order of 0.1 km/s.
Velocity variation with temperature for some
reservoir rocks
The change in seismic velocities with temperature also
depends on the saturation of rock. The results of Wang and
Nur (1990) in heavy oil sands and hydrocarbon-saturated
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rocks show that both VP and VS decrease with increasing
temperature. Since VS is not affected by fluids, the decrease
in VS is due to changes in rock frame and in rock fluid inter-
actions. The VP in heavy oil sands (Tosaya et al., 1987)
shows a dramatic decrease. As temperature increases from
25�C to 125�C, VP can drop by 35% to almost 90%. Heavy
oils are highly viscous and a strong interfacial force exists
between oil and rock grains. The viscosity of oil and interfa-
cial force decrease due to rise in temperature, which
decreases the rigidity and bulkmodulus leading to reduction
in seismic velocities. For temperature up to about 150�C,
changes in pore fluid properties play dominant role in
changing the velocity.
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methods to model seismic wave propagation in real media

Direct methods Finite differences (FD), pseudospectral
(PS), finite element (FE), spectral
element method (SEM), finite volume
(FV), discontinuous Galerkin (DG),
discrete element method (DEM)

Integral equation
methods

Boundary element method (BEM), indirect
boundary element method (IBEM), fast
multipole method (FMM), domain
integral methods (DIM)

Asymptotic or ray
tracing methods
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Synonyms
Elastic waves in homogeneous and inhomogeneous media

Definition
The Earth is a complex medium containing heterogene-
ities and scattering structures over many scales. The influ-
ence of heterogeneities on seismic wave propagation is
therefore studied intensively by numerical modeling to
explain observations. Coming along with the enormous
increase of computational power, the development of
numerical techniques for the accurate calculation of syn-
thetic seismograms in three-dimensional (3-D) models of
the Earth has been the subject of a continuous effort in
the last 30 years. This chapter presents a glimpse of sev-
eral of these numerical methods.

Introduction
In 1969, Keiiti Aki first focused attention on the appear-
ance of continuous wave trains (called coda), in the tail
portion of individual seismograms of local earthquakes
as a direct evidence of the random heterogeneity of the
lithosphere. Models for seismic wave propagation through
inhomogeneous elastic media have been developed using
deterministic approaches such as model theory for layered
media. In 1954, Norman Haskell made a great contribu-
tion to theoretical geophysics with his famous paper in
which he showed how seismic surface waves could be
computed for an Earth modeled by an arbitrary number
of plane parallel layers, each one with arbitrarily pre-
scribed physical properties. His work was based on
Thomson’s work and it is now known as the Thomson–
Haskell method. In his pioneering work Claerbout
(1968) recognized the solution to the inverse problem of
determining the medium from the seismogram. Numerical
modeling of seismic wave propagation in an inhomoge-
neous media is becoming more important in seismic
exploration. Awide variety of recent numerical strategies
are concerned with treating Earth models of successively
increasing complexity. The realistic computational
models can include anisotropic media, nonplanar inter-
faces between layers and blocks, velocity/density/quality-
factor gradients inside layers, and often with free-surface
topography. In particular, the rheology of the medium
should allow for realistic attenuation. We can divide the
different approaches to numerically solve the wave equa-
tion in complex media into three main classes: direct
methods, integral equation methods, and ray tracing
methods, see Table 1 and Carcione et al. (2002). In order
to solve the wave equation using direct methods, the geo-
logical model needs to be approximated by a numerical
mesh. There are no restrictions about material variability
and different rheologies can be implemented. These
methods give solution to the wave equation in the time
domain. They can be very accurate provided a sufficiently
fine grid, but they are computationally more expensive
than analytical or ray tracing methods. Integral equation
methods are based on Huygens’ principle. These methods
formulate the solution of a problem in terms of values at
the domain’s boundary. Integral equation methods have
an interesting conceptual advantage over direct methods,
which is the reduction of one space dimension. Moreover,
integral equation methods (in the frequency domain) do
not need absorbing boundaries. They match easily the
boundary conditions and do not suffer from grid
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dispersion. However, thesemethods require the knowledge
of Green’s function which is limited to a few cases (see
Kausel, 2006). Ray tracing or Asymptotic methods are
approximative because they do not take into account the
complete wavefield. The wavefield is considered as an
ensemble of certain events, each arriving at certain
traveltime and having certain amplitude.

Finite-difference method
Among direct methods we have those that solve the strong
form of the wave equation (FD, PS) and those that solve
the weak form, which are also known as variational
methods (such as FE). The strong formulation works
directly with the equation of motion and the boundaries
are prescribed in their differential form. The weak formu-
lation instead uses an integral form of the equation of
motion weighting the error by trial functions. The natural
boundary conditions are automatically satisfied in the
weak formulation. The basic idea of finite-difference
methods is to compute the partial derivatives by an
approximation based on Taylor series expansions of func-
tions near the point of interest. Forward and backward
time derivatives lead to implicit or explicit schemes. In
general, an implicit method is computationally more
expensive than an explicit method, due to the requirement
of solving large matrix equations. When applying finite
differences in the implicit scheme only for 1-D problems,
the matrix to be inverted is tridiagonal, which is very con-
venient in terms of computational cost. However, this is
not the case for 2-D problems. Nevertheless, using the
method of dimensional splitting, one can replace the
multi-dimensional problem by a succession of much sim-
pler one-dimensional problems and as a result it is possible
to build tridiagonal matrices and combine their results to
compute the desired time derivative. This ingenious
approach is described in Bayliss et al. (1986), Mufti
(1985) and Emerman et al. (1982). More recently Liu &
Sen (2009) have obtained implicit finite-difference formu-
lae derived from fractional expansion of derivatives which
form a system of equations that form a tridiagonal matrix.
Obviously, the explicit schemes are computationally sim-
pler. Therefore a vast majority of earthquake ground
motion modeling and exploration seismology studies use
explicit FD schemes. Virieux in a couple of papers
(1984) and (1986) for SH and P-SV cases, respectively,
was the first to introduce explicit time domain staggered
FD in seismology. This method is easy to implement, to
introduce different kinds of sources, and to consider visco-
elasticity. In addition, the local nature of finite-difference
operators makes the method suitable for parallelization.
In seismic applications, the following velocity-stress
formulation is widely used:

@sij
@xj

þ fi ¼ r
@vi
@t

@sij
@t

¼ cijkl
@ekl
@t

(1)
where the first time derivative of the displacement u is the
velocity v,sij is the stress, @tekl = (vk,l + vl,k)/2, ekl being the
strain, cijkl is the fourth-order stiffness tensor with elastic
coefficients for linear elastic solids, and fi is the ith compo-
nent of the body force vector f that can be written in terms
of the moment tensor as follows:

f ¼ �M 	 Hdðx� xsÞSðtÞ (2)

where xs denotes the source position d is the Dirac delta
and S(t) denotes the source time function. Evaluating the
second time derivative of Equation 1, i.e., ü = @tv (double
dot denotes twice time derivative), at times (n + 1)Dt and
(n–1) Dt by a Taylor expansion yields

@2un

@t2
¼ 1

Dtð Þ2

� unþ1 � 2un þ un�1 � 2
XL
l¼2

Dtð Þ2l
ð2lÞ!

@2lun

@t2l

" #

(3)

when applied Equation 3 to numerically approximate spa-
tial and time derivatives in the 1-D scalar wave equation

1

b2
@2u
@t2

¼ @2u
@x2

(4)

we obtain the Lax-Wendroff scheme

1

b2
unþ1
i � 2uni þ un�1

i

Dtð Þ2 ¼ uniþ1 � 2uni þ 2uni�1

Dxð Þ2 (5)

This equation represents the discretization of Equation 4

taking into account that we have a Cartesian system of
coordinates (x,y,z) with a fourth-order computational
domain taking into account the time, i.e., (x,y,z,t). Consid-
ering the spatial-time grid given by a set of discrete points
(xi,yj,zk,tn) given by xi = x0 + iDx, yj = y0 + jDy, zk = z0 +
kDz, tn = t0 + nDt; i,j,k,n = 1,2,... The spatial increments
Dx, Dy, and Dz are usually referred to grid spacings, (x0,
y0, z0, t0) are initial values for these variables, while Dt is
the time step. The value of a function u at a grid position
(xi, yj, zk, tn) is given by uni;j;k ¼ uðxi; yj; zk ; tnÞ. It is possible
to have nonuniform grids and the other important consid-
eration is whether all functions are approximated at the
same grid positions. The conventional, partly staggered,
and staggered grids are illustrated in Figure 1. An impor-
tant observation is pointed out for finite differences solu-
tions of hyperbolic equations. Accuracy increases with
increasing Dt, for central differences, up to a limit defined
by the Courant-Friederickson-Lewy stability condition
(assuming Dx = Dz, in 2-D):

VmaxDt
Dx

� 1ffiffiffi
2

p (6)

where Vmax is the maximum velocity considered in the
model.
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staggered, and staggered grids (see Moczo et al., 2007).
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The choice among the different schemes is made to
improve accuracy, reduce memory requirements, and to
deal with anisotropy media. Recently, the use of the partly
staggered grid was upgraded by Saenger et al. (2000) and
Saenger & Bohlen (2004). The authors called the grid
rotated staggered grid since they obtained the spatial FD
operator by the rotation of the standard staggered-grid oper-
ator. They used this scheme to successfully simulate media
with heterogeneities (cracks, pores, free surface, and anisot-
ropy). Rotated staggered grids have been also used to
model planar and nonplanar dynamic rupture models, see
Cruz-Atienza et al. (2007). The main limitations of FD
are the extensive consumption of computational resources
in terms of both core memory and CPU time. However,
Furumura and Chen (2005) performed large-scale parallel
FD simulations of seismic wave propagation to model
strong ground motions during damaging earthquakes. Par-
allel FD simulation allowed Saito and Furumura (2009) to
successfully simulate tsunami generation. A complete
review of FDmethods can be found inMoczo et al. (2007).
Anisotropy
Anisotropy is caused by structural alignment of elements
that are smaller than the wavelength employed for seismic
data acquisition. Examples of structures that cause aniso-
tropic effects are fine layering, tectonic grain, and
orientation and intensity of cracking. One way to include
these effects in the model is to consider that elastic proper-
ties at a given point might vary with direction. Therefore,
by including anisotropy in the model, alignments of small
scale hetegoeneities are captured. The alignment effects
might lead to important petrophysical information.
To consider anisotropy in a FD simulation one needs to
define cijkl the fourth-order stiffness tensor in Equation 1.
For example, to model the effect of layering (see
Figure 2) one can consider the following stiffness tensor:

C¼

c11 ¼ 66:6 c12 ¼ 19:7 c13¼ 39:4 0 0 0

c12 c11 c13 0 0 0

c13 c13 c33¼ 39:6 0 0 0

0 0 0 c44 ¼ 10:9 0 0

0 0 0 0 c44 0

0 0 0 0 0 c66

2
666666664

3
777777775

(7)

where c66 = (c11� c12)/2, the density given by r =
2590 Kg/m3, and the units for the elastic constant are in
GPa. The example represents the Mesaverde clay shale
(see Thomsen, 1986 and Carcione et al., 1992). This kind
of stiffness tensor with these five elastic constants charac-
terizes a medium of class IVaccording to the classification
given by Payton (1983) and it is called transversely
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Seismic Wave Propagation in Real Media: Numerical Modeling Approaches, Figure 2 (Left). Illustration of a transversely isotropic
medium. The example represents the Mesaverde clay shale. The six elastic constants (for the stifness tensor in Equation 1) that
generate this medium are given by c11 = 66.6 GPa, c12 = 19.7 GPa, c13 = 39.4 GPa, c33 =39.9 GPa, c44 = 10.9 GPa., with c66 = (c11� c12)/2
and the density r = 2590 Kg/m3. (Right) A layered medium that represents the anisotropic effect.
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isotropic medium (since it has the vertical z-axis as
a symmetrical axis). Notice that due to the anisotropy, in
Figure 2, and the wave fronts do not propagate at the same
speed in all directions (see the different wave fronts in
plane cuts: xy-plane, xz-plane and yz-plane).
Pseudospectral method
The pseudospectral method (PS) is base mainly on Fourier
and Chebyshev differential operators. The spatial deriva-
tive is computed in the frequency-wavenumber domain
as follows:

@uðx; tÞ
@x

¼ 1
2p

Z?

�?

uðx; tÞikeikxdk (8)

see Kreiss and Oliger (1972), Kosloff and Baysal (1982),
Furumura et al. (1998). The PS with Fourier has the disad-
vantage of periodic properties, called wraparound. Both
Fourier and Chebyshev are accurate up to the maximum
wavenumber of the mesh that corresponds to a spatial
wavelength of two grid points (at maximum grid spacing
for the Chebyshev operator). Like FD methods, they are
also unable to model surface waves with the same accu-
racy as body waves because of the one-way treatment that
needs to be performed in order to implement the free-
surface condition (e.g., Carcione, 1994).
Finite element and spectral element methods
The finite element (FE) method is more efficient than FD
or PS when dealing with complex geometries (irregular
interfaces), heterogeneous media, and handling boundary
conditions. This method is also applicable with inelastic
constitutive models. Recently, Bielak et al. (2005) have
developed an efficient FE-based computational platform
for large-scale ground motions. Low approximation
orders may lead to a large numerical dispersion, see
Marfurt (1984). As a result, mesh refinement is required
to reduce numerical dispersion but may lead to a large
numerical cost even if parallelization is possible. High-
order FEmethods becamemore efficient when the spectral
element method (SEM) appeared using Chebyshev
polynomials as interpolating functions, see Seriani et al.
(1992), Priolo et al. (1994). Komatitsch and Villotte
(1998), and Komatitsch and Tromp (1999). This method
introduced the use of the Lagrange polynomials as inter-
polating functions which produces a diagonal mass matrix
when using the Gauss-Lobatto-Legendre quadrature.

Discontinuous Galerkin method
The Discontinuous Galerkin method (DG) is a technique
that uses discontinuous basis functions to formulate
a Galerkin approximation. Given a mesh of the analysis
domain, the DG method approximates the solution within
each element by a function from a low-dimensional vector
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space of functions, e.g., as a linear combination of basis
functions like polynomials. For a pair of adjacent mesh
elements, the approximate solution computed in the
interior of the elements does not have to agree on their
common boundary. Some of the advantages of this
method are:


 It can sharply capture solution discontinuities relative
to a computational mesh.


 It simplifies adaptation since inter-element continuity is
neither required for mesh refinement and coarsening.


 It conserves the appropriate physical quantities (e.g.,
mass, momentum, and energy) on an element-by-
element basis.


 It can handle problems in complex geometries to high
order.


 Regardless of order, it has a simple communication pat-
tern to elements sharing a common face that simplifies
parallel computation. With a discontinuous basis, the
DG method produces more unknowns for a given order
of accuracy than traditional finite element or finite vol-
ume methods, which may lead to some inefficiency.
The DG method is harder when applied to unstructured
meshes; in particular, it is harder to formulate limiting
strategies to reduce spurious oscillations when high-
order methods are used. Nevertheless, Käser &
Dumbster (2006) have successfully implemented the
method for elastic wave propagation on unstructured
meshes.

For an introduction to the key ideas, basic analysis, and
efficient implementation of discontinuous Galerkin
methods and a review of the state of the art, we refer the
reader to the book by Hesthaven & Warburton (2008).

Integral equation methods
Boundary element and indirect boundary element
methods (BEM & IBEM)
Among Integral equation methods it is the boundary ele-
ment method. The formulation of direct boundary integral
equation method (BIE) in elastodynamics is back to the
pioneering work of Somigliana (1886). Considering
a volume of elastic material V bounded by a surface S,
the displacement field ui at a point x and time t can be
expressed as a function of the values of the displacement
and traction tj along the boundary through Somigliana’s
representation theorem:

cuiðx; tÞ ¼
Z t

0

dt
Z

s

tjðx; tÞGijðx; t; x; tÞ
�

�ujðx; tÞSjikðx; t; x; tÞnkðxÞ

dSðxÞ

(9)

where Gji(x,t,x,t) and Sjik(x,t,x,t) are the responses in
terms of displacement and stress, time t and point x of an
infinite homogeneous medium to a unit force impulse,
applied at time t at point x in the direction i, nk(x) is the
normal boundary pointing outside V. The volumetric body
sources are assumed to be null, but if present, their contri-
bution can be easily added as follows:

cuiðx; tÞ ¼
Z t

0

dt
Z

s

tjðx; tÞGijðx; t; x; tÞ
�

�ujðx; tÞSjikðx; t; x; tÞnkðxÞ

dSðxÞ

þ
Z t

v

dt
Z

V

Gijðx; t; x; tÞfiðx; tÞdV

(10)

where

c ¼
1; x 2 V

1=2; x 2 S

0; x 62 V

8<
: (11)

and assuming that S has a smooth boundaries. The
values of c come from the volume integration of the prod-
uct d(x� x, t-t) uj(x, t) and the value accounts for the inte-
gration of the Dirac’s delta and its position. The Green’s
function for the homogeneous, isotropic, elastic media
can be found in Aki & Richards (1980).

The indirect formulation of the elastodynamic problem
expresses the wavefield as an integral over the boundary
of elementary source radiations as follows:

uiðx; tÞ ¼
Z t

0

dt
Z

s

fjðx; tÞGijðx; t; x; tÞdSðxÞ (12)

where fj(x, t) denotes t the force density distribution
applied at time t at point x of the surface S. In this equation
we have assumed that the volumic forces are null. If
present, their contribution needs to be added. Equation 10
can be seen as the mathematical transcription of Huygens’
principle, which states that each point of diffracting
boundary acts as a secondary source of wave radiation.
This principle applies to any wavefront as well. Equa-
tion 12 is also the mathematical expression of the explod-
ing reflector concept widely used in seismic exploration
(see Claerbout, 1985). The fictitious distribution fj is an
intermediate variable which needs to be solved in the
boundary integral equations before the wavefield can be
computed. This is the reason why this formulation is
called indirect.

The discretization of the boundaries leads to the
discretization of the BIE, and the application of boundary
conditions transforms BIE into a system of linear equa-
tions which in general is not symmetric. The resolution
of this system is usually done implicitly and in the fre-
quency domain. Comprehensive intorduction of integral
equation methods can be found in the books by Bonnet
(1999), Dominguez (1993), and Manolis & Beskos
(1988). In seismology, the BEM is used to study the effect
of irregular topography on earthquake ground motion, in
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2-D some other works deal with 3-D problems. This
method has been also used to simulate elastic wave prop-
agation in media with cracks, for example, on Figure 3 we
have an irregular crack strike by a cylindrical SH incident
wave (first column) and the same crack strike by a plane
a
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A cylindrical SH wave striking an irregular crack. (middle) A plane SH
A plane SH wave with incident angle 30o striking an irregular crack.
(c) t = 2.03 s.
SH incident wave with 0o and 30o, measured with respect
to the z-axis (second and third columns, respectively), see
Iturrarán-Viveros et al., 2005; Pointer et al., 1998.
A complete review on the use of BEM for seismic prob-
lems can be found in Bouchon and Sánchez-Sesma (2007).
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Fast multipole method in elastodynamics
Two types of fast multipole method (FMM) are available
for elastodynamics in the frequency domain. The first
one is the low frequency FMM. As for static cases, the
complexity of this algorithm is O(N). This complexity is
due to the fact that the wavelength is much larger than
the domain size. On the other hand, if the wavelength is
shorter than the geometrical feature, the complexity of
low frequency FMM increases to O(N2) and the method
is not efficient any longer. For this reason, computational
efficiency of fast BEMs in the mid-frequency regime is
enhanced by using the so-called diagonal form for the
Helmholtz Green’s function, proposed by Rokhlin
(1990), with a complexity of O (N log N). The upper limit
stems from the fact that the size N becomes intractable at
high frequencies, but the diagonal form also breaks down
at very low frequencies and must be replaced with other
types of expansions. The method for low frequencies
was developed by Fujiwara (1998). The first 3-D imple-
mentation was proposed by Fujiwara (2000) using
a multi-level and diagonal form. The author presents some
low frequency seismic oriented examples. More recently
Chaillat et al. (2009) also addressed problems in 3-D.
Yoshida (2001) proposed a low frequency FMM for crack
problems in 3-D.
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coordinate system. Both rays and wave fronts are circular. Rays dep
one of the bipolar coordinates (the other is j0). The distances R1 and
z =�h corresponds to null propagation velocities. (Top right) This so
in the time domain with a source located at (1,1), b(0) = 500 m/s, a
Analytic solutions for nonhomogeneous media
Since analytic solutions help to assess numerical methods,
some attempts to develop analytic solutions for particular
cases of mildly anisotropy media are briefly described. In
Sánchez-Sesma et al. (2001) authors developed an
approximate analytical formula for elastic 2-D Green’s
functions for a constant-gradient propagation velocity
medium. These solutions correspond to unit line forces
per unit length: the antiplane SH line source and the in-
plane P-SV line sources, respectively. They are based on
the asymptotic ray theory and account for both near-
source effects and low frequencies. The orthogonal bipo-
lar coordinates are depicted in Figure 4.

The approximate solution for the 2-D scalar case is
given by

G22ðo; tÞ � L
1
4m0

H ð1Þ
0 ðotÞ (13)

where L is defined as follows:

L ¼ 1þ gz0
1þ gz

� �1þn
2

2 ln
R2 þ R1

R2 � R1

� � ðz0 þ hÞðzþ hÞ
R1R2

	 
1=2

(14)
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pproaches, Figure 4 (Left). Schematic illustration of the bipolar
end upon take-off angle j0. t = xt0, where t0 = h/b(0) and x is
R2 from the poles to point P are displayed. The plane for which
lution is used to compute the Green’s function for the scalar case
nd b(zmax) = 3,000 m/s. Wave fronts depend on traveltime.
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where z0 = depth of the source, b0 = shear wave velocity at
the source level, b(0) = shear wave velocity at z = 0, r0 =
mass density at source level, g = 1/h, h = distance from
depth z = 0 to the level where the propagation velocity is
null (z =� h), j0 = sin�1[2x(z0 + h)/R1R2] = take-off angle,
R1 = (x2 + (z�z0))

1/2, and R2 = (x2 + (z + z0 + 2 h)2)1/2.
The traveltime t is given by

t ¼ t0 ln
R2 þ R1

R2 � R1

� �
¼ 2t0tanh

�1 R1

R2

� �
¼ t0x (15)

In Watanabe & Payton (2002, 2006) Green’s functions

are obtained exactly for radially symmetric waves and for
transient and time-harmonic SH-waves in inhomogeneous
anisotropic elastic solids, respectively. Since time-
harmonic conditions have been assumed, viscoelastic
material behavior can be captured through the introduc-
tion of complex-valued wave speeds.

Equivalent media theories
When one wishes to model highly heterogeneous media,
one possibility is to make the continuum hypothesis (see
Christensen, 1979; Hudson, 1991). A real material with
its atomic and molecular structure is replaced by an equiv-
alent continuum model, which remains a continuum no
matter how much it is subdivided. The macroscopic
mechanical properties of the material remain unchanged.
This hypothesis works as long as the scale of observation
is much larger than the scale-length of the molecular struc-
ture (Rayleigh scattering regime). Micro fractures, pores,
and other heterogeneities with uniform statistical distribu-
tions can be replaced by an equivalent or effective medium
provided that the scale of the observation is much larger
than the scale of the heterogeneities. This is an attractive
approach in exploration seismology since the scale of the
observation, or seismic wavelengths, is much larger than
the scale length of the heterogeneities present in the sub-
surface. The concept of equivalent media clearly implies
that, if the stress, strain or displacements are measured
on a large enough scale, the values obtained and the rela-
tionship between them will be that of homogeneous con-
tinuum. This implies some kind of spatial averaging
process. Nevertheless, scales much smaller than the mini-
mum wavelength (used in the numerical model) are pre-
sent in the earth model. Therefore effective media
theories allow to average small scales of the original
medium without losing the accuracy of the wavefield
computation that are needed. In Capdeville and Marigo
(2007), authors applied two-scale homogenization tech-
nique to the wave equation in layered media. The order
0 homogenization provides the same result as the one
given by Backus (1962). The order 0 is not enough to
obtain an accurate solution especially for surface waves.
Higher order homogenization terms (up to 2) allowed them
to obtain accurate surface waves. Lately Capdeville et al.
(2010) proposed original nonperiodic homogeneization
technique in 1-D. The extensions to 2-D and 3-D are
foreseen.
Asymptotic ray tracing methods
An accurate estimation of traveltime is needed to map het-
erogeneities in the Earth’s subsurface. Traveltime compu-
tation schemes fall within one of these two categories:
First-arrival traveltime, and ray-theory based traveltime.
The first-arrival traveltime corresponds to the first arrival
of the complete wavefield at a specified receiver position
and it is not a function of the type of wave (e.g., head
wave, direct wave). Most of the schemes, which estimate
first-arrival traveltimes, are based on the solution of
eikonal equation. Vidale (1988, 1990) proposed different
versions of finite-difference solution of the eikonal equa-
tion along expanding square (in 2-D) and along an
expanding cube (in 3-D) to compute first-arrival
traveltimes in isotropic media. Schneider et al. (1992) pro-
posed a method based on Fermat’s principle for traveltime
computation in isotropic media that uses a local ray-trace
solution of the eikonal equation. Ray tracing can be classi-
fied into two categories: (1) Initial-value ray tracing, and
(2) Boundary value ray tracing. In initial-value ray tracing,
a fan of rays is shot from the source in the model and some
kind of extrapolation scheme is used to estimate the
traveltime at a particular point in the model. Paraxial
extrapolation (Cêrvený, 1985) is one of the most popular
methods of traveltime extrapolation. An excellent review
on ray theory can be found in (Cêrvený, 2001).

Poroelastic media
In addition to complex geometries, different rheologies
and anisotropy, current numerical techniques are concen-
trating efforts to include porosity and fluid saturation in
their models. Reservoir-rocks can be modeled as
a porous solid matrix where the pore space is fully satu-
rated with a pore fluid. The analysis of wave propagation
in fluid saturated porous media is different in nature than
that of elastic wave propagation. Biot’s model is generally
used to describe this effect (Biot 1956; Biot 1962). Two
approaches exist to derive the poroelastic equations of
motion and the constitutive laws. One method is to use
homogenization methods. The laws to describe the
medium are first derived on the microscopic scale of
porosity. Then they are passed to macroscopic scale by
homogenization. Pride et al. (1992) used an averaging
procedure to derive the poroelastic equations similar to
Biot (1956) and Biot (1962). We refer the reader to the
book by Carcione (2007).

Boundaries
When modeling the propagation of elastic waves in
any medium, the waves that reach the neighborhood
of the boundaries will create reflected waves. This
a nonphysical phenomena that we want to avoid. On top
of the model we would like to impose a free surface.
Therefore, for the top boundary, we need a reflected
boundary and for the other three boundaries (in 2-D) we
need a nonreflecting absorbing boundaries. In most of
the numerical schemes described here, there are boundary
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conditions to be imposed or it is necessary to implement
absorbing boundaries conditions to eliminate spurious
reflections due to the finite computational domain. The
free-surface boundary condition is implemented by
adding fictitious line of grid nodes next to the top bound-
ary and use the one-side differences to approximate nor-
mal derivatives and centered difference to approximate
tangencial derivatives, see Kelly et al. (1976) and Graves
(1996). The simplest and more effective absorbing bound-
ary conditions consist of a sponge along the artificially
truncated edges of the domain. Clayton and Enquist
(1977) proposed a kind of absorbing boundary conditions
based on replacing the wave equation in the boundary
region by one-way wave equation that do not allow energy
to propagate from the boundaries to the numerical domain.
An alternative scheme suggested by Cerjan et al. (1985) is
based on gradual reduction of the amplitudes in a strip of
nodes along the boundaries for the mesh. Bérenger
(1994, 1996) first introduced Perfectly Matched Layers
(PMLs) for electromagnetism. The main idea is to define
a selective attenuation of the fields propagating in one pre-
scribed direction. PMLs for elastic wave propagation were
developed by Basu and Chopra (2003, 2004), Komatitsch
and Martin (2007). The velocity-stress formulation of
PMLs for elastic wave equations has been introduced by
Collino and Tsogka (2001). It was applied to viscoelastic
(Martin & Komatitsch, 2009) or poroelastic (Zeng et al.,
2001; Martin et al., 2008) media. Recently Meza-Fajardo
and Papageorgiou (2008) demonstrated that for any aniso-
tropic media, the classic PML exhibits instabilities. In
addition, they presented a generalization of the classical
Perfectly Matched Layer (PML) (called multiaxial Per-
fectly Matched Layer M-PML) to a medium in which
damping profiles are specified in more than one direction.

Summary
Modeling the Earth is a challenging task.With the increase
of computational power, direct modeling techniques start
to open the door to inversion problems. All numerical
methods share at the same time their own disadvantages
and weaknesses (high computational costs and storage
requirements, poor accuracy, nonstructured grids, hard
implementations, system matrix full) with the agreeable
flavor of equivalent advantages (reduction of one dimen-
sion of the problem, system matrix diagonal or sparse,
no need for absorbing boundaries, easy implementation,
easy to model topographies or complex geometries). The
nature of the problem gives us the appropriate guide to
choose one method over others. In this article we briefly
cover some numerical techniques to model elastic waves
in heterogeneous media. However, the literature on all
available methods is very extensive and we include only
some references.
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Definition
Scattering of seismic waves is best defined by reference to
a laterally homogeneous or slowly varying medium where
the wave fronts can be perfectly tracked and the propaga-
tion of waves can be successfully described by geometri-
cal methods such as ray theory. In the presence of
obstacles, or lateral variations of elastic parameters, wave
fronts are distorted and seismic energy can be deflected in
all possible directions: a phenomenon known as wave
scattering. Specific to seismic waves are the possible
mode conversions between various polarizations: com-
pressional, shear, and Rayleigh waves.

Introduction
The scattering of seismic waves is intimately related to the
heterogeneous nature of Earth materials on a variety of
spatial scales. Well-logs data or geological maps offer
direct but limited access to the nature of heterogeneities
in the Earth. As elastic waves can propagate all the way
through the Earth, they constitute the primary tool to
sound deep heterogeneities. While the pioneering studies
of seismic scattering were largely focused on the litho-
sphere, the presence of scatterers in the mantle and solid
core has been confirmed in a number of recent studies
(see Shearer and Earle, 2008, for a review). Hence, the
field of seismic scattering has become of interest in global
seismology too. For a thorough review of pre-1990s
works in seismic scattering, we refer the reader to Wu
(1989). A comprehensive reference on the topic is the
book by Sato and Fehler (1998). Reviews of recent meth-
odological and observational developments are given in
Sato et al. (2008).

Statistical description of the Earth
To introduce the various scale lengths that enter in the
modeling of seismic scattering, it is convenient to consider
a thought-experiment such as the one shown in Figure 1.
We imagine an incident plane wave propagating through
a heterogeneous medium. As evidenced by the analysis
of well-logs (see for instance Wu et al., 1994), the density
and the elastic constants fluctuate in the Earth in a very
complicated way. In such a situation, it is convenient to
think of the Earth as a particular realization of an ensemble
of randommedia sharing similar statistical properties. The
goal of the stochastic imaging methods is to infer some
information on the nature of the randomness from the sta-
tistical fluctuations of the wavefield. This is a difficult task
because the statistical properties of the Earth are
nonhomogeneous: they are expected to depend on the geo-
logical setting and on the depth. In addition, in the case
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of the Earth, the random fluctuations are superimposed on
a deterministic background, usually represented by a 1-D
reference model such as PREM (Dziewonski and
Anderson, 1981). It is customary to assume that the spatial
variations of the background velocities are slow compared
to the typical scale length of the random medium. In this
limit of separation of spatial scales, it is possible to con-
sider the scattering medium as locally homogeneous. We
may therefore hope to characterize large-scale variations
of small-scale heterogeneities.

If we think of the medium as random and continuous,
the fluctuations of a parameter such as the density r are
characterized to lowest order by a correlation function
(Rytov et al., 1989b):

cðxÞ ¼ r r� x=2ð Þr rþ x=2ð Þh i; (1)

where the brackets denote an average over the ensemble of
random media. In Equation 1, we have used an assump-
tion of statistical homogeneity. In the case of a locally
homogeneous medium, the correlation function may be
allowed to vary slowly with the variable r. c(x) is maxi-
mum for x = 0, where it is equal to the total variance of
the fluctuations denoted by ϵ2 and goes to zero over
a typical spatial scale a which is known as the correlation
length. Common choices for c are Gaussian and exponen-
tial functions but a wide range of other possibilities exist
(Klimeš, 2002). An equivalent description of the medium
fluctuations is provided by the power spectrum of hetero-
geneities F(k) defined as:

cðxÞ ¼ 1

2pð Þ3
ZZZ þ?

�?
FðkÞeik	xd3k (2)

F(k) quantifies the distribution of the total variance of the
fluctuations over all possible length scales. A very useful
tool to represent the heterogeneity of fluid or solid geo-
physical media is the Von-Karman correlation function,
whose power spectrum can be written as (Sato and Fehler,
1998):

FðkÞ ¼ 8p3=2e2a3G kþ 3
2

� �

G kð Þ 1þ k2a2ð Þkþ3=2
: (3)

In Equation 3, E denotes the RMS fluctuations, a is the
correlation length and k > 0 is the Hurst exponent which
acts as a cutoff of the small-scale features in the medium.
The power spectrum (Equation 3) shows a plateau at small
wave numbers up to a corner value kc � 1/a. For k much
larger than kc, the power spectrum decreases algebraically
as k2k+3. Note, however, that this description does not
apply to Gaussian random media. This is not a severe
restriction, since Gaussian media are often regarded as
too smooth to represent faithfully the heterogeneities in
the Earth. This point of view is confirmed by the analysis
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of well-logs (Shiomi et al., 1997), which further shows
that only the parameter k can usually be recovered from
observations.

The coherent and incoherent fields
Following the statistical approach, it is natural to charac-
terize the propagation in the random medium by calculat-
ing the moments of the wavefield u. This yields a simple
classification of the various components of the random
field. The first moment hui defines the coherent wave
(Rytov et al., 1989a; Sheng, 1995) and corresponds to
the part of the field which survives after an average over
the statistical ensemble has been performed. In a typical
seismological experiment, the measured field is the sum
of two terms: the ensemble average hui and a fluctuating
part uf. The coherent field mostly contributes in a time
window around the seismic primaries, which may also
be termed the ballistic waves. Although the coherent field
is an important component of the ballistic field, it has to be
carefully distinguished from it (Derode et al., 2001). Sta-
tistical wave theory shows that the mean field decays like
e�L/2l, where L is the propagation distance and l is known
as the mean free path (Sheng, 1995). The mean free path
gives the typical spatial scale over which a significant
amount of energy has been transferred from the coherent
to the incoherent or fluctuating part of the wavefield.
The incoherent part of the wavefield contributes to all por-
tions of the seismogram and forms the coda of the earth-
quake records. It is important to realize that the term
“incoherent” just indicates the generation of waves that
propagate in a direction which differs from that of the inci-
dent wave. It does not imply that the phase information
has been lost. In section Interferometry with scattered
waves, we will demonstrate that the so-called incoherent
field is in fact highly “coherent” in the sense that it gives
rise to very useful interference effects.

The propagation regimes
The distinction between the fluctuating and ensemble
average part of the wavefield is useful to characterize the
propagation regime. For propagation distances typically
less than the mean free path, the measured field is domi-
nated by the coherent wave: this is the weak fluctuation
regime (Rytov et al., 1989a). As shown in Figure 1, after
propagating through several inhomogeneities, the most
important observation is the distortion of the incident
plane wave front. This gives rise to fluctuations of both
phase and amplitude, from which information on the sta-
tistical properties of the medium can be extracted. For
propagation distances much larger than the mean free
path, the coherent wave completely vanishes and one is
left with the fluctuating part only: this is the strong fluctu-
ation regime (Rytov et al., 1989a). Since by definition the
ensemble average of the fluctuating part uf is zero, it is
only through the consideration of the second moment of
the field that one can model the propagation of scattering
when fluctuations are strong. Specific approaches will be
developed in sections Envelope modeling: Markov
approximation and Envelope modeling: radiative transfer.

At this stage, it is natural to raise the following ques-
tion: How can wemeasure the mean free path in the Earth?
First, it is important to note that one has to consider at least
two different mean free paths since both longitudinal and
transverse waves propagate through an elastic medium.
In the laboratory, there are well-calibrated techniques to
measure the mean free path based on ensemble averaging.
Unfortunately, these methods cannot be transposed to
field experiments. Instead, the common seismological
practice consists in correcting the seismograms for the
travel-time fluctuations caused by long wavelength varia-
tions of the velocity before stacking or averaging the
records. The field obtained after such a processing is
called the traveltime-corrected mean field. Sato (1982,
1984) and Wu (1982) have demonstrated that this field
decays exponentially on a scale which is much larger than
the mean free path, because the traveltime correction in
fact removes the long wavelength components of the
medium fluctuations. A theoretical discussion of various
averaging procedures and their application to seismic data
is given by Shapiro and Kneib (1993).
Analysis of transmission fluctuations
As announced in introduction, we now review the various
approaches that have been developed to infer the statistical
properties of the Earth from an analysis of seismic wave
scattering. We will first introduce a method which is well
adapted to the analysis of fluctuations of amplitude and
phase of teleseismic P waves recorded on a dense array.
Such an approach has been pioneered in the seventies by
Aki (1973) and has been subsequently developed by Wu
and coworkers (Wu and Flatté, 1990; Zheng et al., 2007;
Zheng and Wu, 2008). In this approach, one considers
a small time window around the direct P-wave at
teleseismic distance. It is usually assumed that at suffi-
ciently large distance from the source, the wave front inci-
dent from the mantle can be approximated locally by
a plane. By using sufficiently deep earthquakes, it is pos-
sible to avoid the effects of strong heterogeneities in the
vicinity of the source. As the plane wave progresses
through the lithosphere, the wave front is distorted and
the amplitude and phase of the ballistic waves measured
on the array fluctuate. Zheng and Wu (2005) have very
carefully discussed the correct measurement practice.
The main pulse recorded on the vertical component of
the seismometer is first isolated from the rest of the signal.
After Fourier transformation, the amplitude A and the
phase f of the pulse is obtained at a given frequency. This
operation is repeated at all stations of the array, and the
phase field is subsequently unwrapped spatially, i.e., pos-
sible phase discontinuities are removed. It is not correct to
measure the phase of the field by picking the first arrival
since, as a consequence of scattering, the medium is dis-
persive and the first arrivals propagate with the group
velocity.
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Basic observables are the fluctuations of the phase and
of the logarithm of the amplitude. The reason why one
considers the logarithm of the amplitude is that this quan-
tity enters in the Rytov representation of the wavefield
Rytov et al. (1989a):

u ¼ u0e
c; (4)

where u0 is the reference plane wavefield in the back-
ground medium and c is a complex phase:

Rec ¼ ln
A
A0

Imc ¼ f� f0 (5)

Scattering theory based on the Rytov representation is

more accurate than the standard Born approximation in
the transmission geometry. In Equation 5, A (resp. A0)
and f (resp. f0) denote the amplitude and unwrapped
phase of the field (resp. reference field). From the array
measurement, one can estimate the transverse coherence
function of the phase field which is defined as:

CfðrÞ ¼ fðxÞf r þ xð Þh i; (6)

where the points x and x + r lie on the surface of the
Earth. More generally, one can consider the transverse
angular coherence function of the two phase fields
corresponding to two incoming plane waves with different
incident wavevectors k and k0 (Wu and Flatté, 1990; Chen
and Aki, 1991).

The interpretation of the phase coherence function is
based on two major theoretical approaches, with different
domains of validity. These approaches rely on the basic
physical assumption that the medium fluctuations have
a spatial scale, a, which is much larger than the probing
wavelength, l. In this regime, the scattering occurs prefer-
entially in a small angular cone around the forward direc-
tion. As a consequence, one can usually neglect the
backscattered waves and consider one-way propagation
only. The crucial nondimensional parameter that governs
the properties of the phase is known as the wave parame-
ter, D, which is defined as (Rytov et al., 1989a):

D ¼ lL
a2

(7)

In the numerator of Equation 7, the length
ffiffiffiffiffiffi
lL

p
pro-
vides the typical size of the first Fresnel zone which can
be interpreted as the typical volume sampled by the waves
around a ray of length L. The region D� 1 can be conve-
niently treated with the methods of geometrical optics. In
this regime, there are some well-established results for
the phase coherence function of a single plane wave with
vertical incidence: (1) The variance of the phase is propor-
tional to the total variance of the medium fluctuations and
increases linearly with the propagation distance L. (2) The
typical correlation length of the phase is proportional to
the correlation length of the random medium. This result
makes sense physically, since parts of the incident wave
front which are located a distance a apart – a, the
correlation length– will visit different inhomogeneities.
This provides a very useful method to map the typical
scale of heterogeneities. The geometrical optics approach
is rather flexible and allows the treatment of more com-
plex situations. Kravtsov et al. (2003) have adapted the
method to the reflexion geometry usually encountered in
exploration geophysics.

The method of geometrical optics usually breaks down
for D > 1 as caustics may develop for sufficiently large
propagation distances. In order to account properly for dif-
fraction effects, it is important to use a wave-based
approach. As in the problem of transmission fluctuations
in which the propagation is essentially one-way, it is con-
venient to consider the depth variable z as an evolution
variable and to neglect the backscattered waves. In this
case, the usual Helmholtz equation can be replaced by
the following parabolic approximation for the wavefield:

2ik0
@u
@z

þ D?u� 2k20
dc
c0

u ¼ 0; (8)

where D? ¼ @2
x þ @2

y represents the Laplace operator in
the plane perpendicular to the main propagation direction.
The parabolic approximation is accurate for low-angle
scattering only, which is consistent with the scaling
l/a� 1. In this regime, a very powerful approach couples
scattering theory and the Rytov representation of the
wavefield to obtain expressions for the coherence function
that extend the results of geometrical optics to the region
D> 1. We refer to Wu and Flatté (1990) for further details
on the derivation.

The first application to data was made by Aki who esti-
mated the correlation length and total variance of the
velocity fluctuations from the cross-coherence of ampli-
tude and phase under the LASA array (Aki, 1973). In this
pioneering work, he further approximated the correlation
function of the medium with a Gaussian function. It was
later realized that this choice was not always the most
appropriate since many studies revealed that the more gen-
eral Von-Karman correlation function could be used to
describe a broad class of random media. Flatté and Wu
(1988) developed a two-layer model of heterogeneity of
the upper mantle based on observed transverse and angu-
lar correlation functions at NORSAR. By superimposing
a layer with Hurst exponent 1/2 extending from 15 to
250 km depth upon a layer with flat power spectrum
extending from 0 to 200 km depth, they were able to
explain satisfactorily the joint measurements of phase
and amplitude fluctuations. Themost recent developments
by Zheng et al. (2007) and Zheng andWu (2008) allow the
treatment of velocity gradient in the reference medium.
Their general formalism offers the possibility to perform
a nonparametric inversion, i.e., the full power spectrum
of the fluctuations at depth can in principle be mapped
from the surface measurements of angular correlation
functions. For a complete description of the method as
well as numerous references to the literature, we refer to
the review by Zheng and Wu (2008).
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Envelope modeling: Markov approximation
We now consider a regime of propagation where the fluctu-
ating part of the field is larger than the coherent part. In this
regime, an interesting phenomenon termed “envelope
broadening” can be used to retrieve information on the sta-
tistical fluctuations of velocities in the medium. Enveloped
broadening is illustrated in Figure 2, where small
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Figure 2, envelope broadening depends on propagation dis-
tance and frequency band. It is also noticeable that very het-
erogeneous regions such as volcano areas give rise to much
stronger envelope broadening than the usual crust. The clear
path dependence suggests the possibility to use regional
variations of the onset to peak delay time to map heteroge-
neities in the crust, in order to develop a stochastic tomogra-
phy in the strong fluctuation regime.

Such an approach has been pioneered by Sato in the late
1980s. A recent review of the topic in seismology is given
by Sato and Korn (2009). Based on the parabolic approx-
imation, Sato (1989) derived an equation for the two-
point, two-frequency coherence functions of the wavefield
for incident plane waves. This technique which was
originally introduced in astrophysics has been termed
“Markov approximation.” In the case of regional propaga-
tion, it is preferable however to consider the radiation from
a point source. Following Saito et al. (2002), we write the
coherence function of the field as follows:

G r?1; r?2; r; od;ocð Þ
¼ U r?1; r; o1ð Þ U r?2; r; o2ð Þ�h ih ; (9)

where oc and od denote the central (o1 + o2)/2 and mod-
ulation o1 � o2 frequency, respectively. The introduction
of two frequencies is demanded by the nonstationarity of
the envelope records. The source station distance is denoted
by r and the points r⊥1 and r⊥2 lie in a plane perpendicular
to the wave front. The time dependence of the observed
coda envelopes around the frequencyoc is obtained by set-
ting r⊥1 = r⊥2 and taking a Fourier transform over od.

The basic idea of the so-called Markov approximation
is to consider one-way propagation and to neglect back-
scattering. The different slices of the medium perpendicu-
lar to the main propagation direction independently
perturb the local ray direction in a random fashion. As
a consequence, the distribution of ray directions at
a distance r0 from the source depends solely on the hetero-
geneities that have been met for r < r0 (Sato, 1989; Sato
and Korn, 2009). Such an approximation is valid for
strong forward-scattering, i.e., when the relation l > a
applies. This does not mean that the Markov approxima-
tion cannot be used if the medium contains heterogeneities
with scale lengths shorter than the wavelength. Indeed, the
large-scale fluctuations contribute predominantly to the
field measured in the transmission geometry. Scattering
at large angles caused by small-scale fluctuations mainly
plays the role of an apparent energy loss which adds to
the intrinsic losses (Sato, 1989). In order to quantify the
typical validity region of the Markov approximation, it is
useful to introduce a quantity known as the transport mean
free path (Sheng, 1995) and defined as:

l� ¼ l
1� cos yh i ; (10)

where cos yh i is the mean cosine of the scattering angle.
The transport mean free path can be interpreted as the
typical length beyond which the waves have lost memory
of their initial propagation direction. In the case of large-
scale fluctuations, the transport mean free path l* is
typically one or two orders of magnitude larger than the scat-
teringmean free path l. For propagation distances of the order
of the transport mean free path, backscattering can no longer
be ignored and one must appeal to other methods to be
described in section Envelope modeling: radiative transfer.

As carefully explained in the paper of Sato (1989),
there are two basic phenomena that contribute to the
observed envelope shape. The first one is termed “the
wandering effect” and is purely statistical in nature. It cor-
responds to the small arrival time fluctuations in the line-
of-sight propagation direction. It leads to a Gaussian
spread of an initially delta-like pulse. This reshaping can
only be observed upon ensemble averaging and is there-
fore not of primary importance in seismology. The second
phenomenon is the increase of the typical duration of the
seismogram with propagation distance which has been
termed “pulse” – or may be more appropriately – “enve-
lope broadening.” It reflects the angular spreading of the
wave propagation directions as they interact with the
medium heterogeneities. For a general Von-Karman corre-
lation function, a time scale tm characterizes the typical
duration of the seismogram (Saito et al., 2002):

tm ¼ C e1= p�1ð Þa�1
� �2�2=p

o�2þ4=pr1þ2=p
0 ; (11)

where E denotes the root mean square fluctuations,o is the
central frequency of the signal, r0 is the hypocentral dis-
tance and C is a numerical pre-factor which depends on
the wavespeed, and on the Hurst exponent k. The param-
eter p is an increasing function of k and varies from 1.2
to 2 for 0 < k � 1. Formula (11) reveals interesting char-
acteristics of the envelope broadening phenomenon. For
a smooth medium, i.e., a medium poor in small-scale fea-
tures, the parameter p is close to 2 and, as a consequence,
the typical envelop duration is frequency-independent.
Such a result also holds for the Gaussian correlation
function and is in sharp contradiction with observations.
As a consequence, the frequency dependence of envelope
duration offers access to the degree of roughness of
Earth’s heterogeneities. Accurate measurements of the
exponent k requires that absorption and – to some extent –
scattering losses caused by small-scale heterogeneities be
incorporated in envelope modeling (Saito et al., 2002).

In practical applications to data, a characteristic time, tq,
is measured as a function of frequency and hypocentral
distance: tq= tp+ t1/2, where tp is the duration from onset
to peak and t1/2 is the decay time of the envelope from
the peak to RMS half-peak value. Note that the observa-
tions are usually focused on the S wave train for which
pulse broadening is usually much clearer than for Pwaves.
The observations are then compared to those numerically
obtained by the Markov approximation for a wide range
of correlation lengths, RMS perturbations and intrinsic
quality factor. In general it is not possible to estimate
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independently ϵ and a since various combinations of these
two parameters may yield the same characteristic time tm.
However, by analyzing separately the distance and fre-
quency dependence of tq, the intrinsic quality factor Qs,
the parameter p, and in turn, the Hurst exponent k can be
estimated. For applications to seismic observations, we
refer to, e.g., Scherbaum and Sato (1991); Obara and Sato
(1995); Saito et al. (2005).

As illustrated in Figure 2, for comparable hypocentral
distances and frequency bands, the envelope shapes may
strongly depend on the direct ray path. Such an observa-
tion calls for the introduction of large-scale variations of
small-scale heterogeneities. Such an approach has been
taken by Takahashi et al. (2007) whomapped strongly het-
erogeneous regions beneath quaternary volcanoes in
northeastern Japan from the observed path dependence
of the characteristic broadening time tq. A complete tomo-
graphic approach to estimate the power spectrum of small-
scale heterogeneities from envelope broadening data was
further developed and applied to northeastern Japan by
Takahashi et al. (2009).

Gusev and Abubakirov (1999a, b) developed a tomo-
graphic method to map the transport mean free path in
the Earth based on body wave envelope broadening. Their
approach is simpler since they consider the inversion of
a single parameter. From the knowledge of the frequency
dependence of the the transport mean free path, it is possi-
ble to put constraints on the parameters E, a, and k. The
Markov method has recently been extended to the case
of vector waves by Sato (2006, 2007, 2008). The theoret-
ical approach relies on the introduction of scalar and vector
potentials for P and S waves, respectively. The employed
Helmholtz decomposition neglects the conversions
between P and S waves, which is justified in the high-
frequency regime l � a, up to a characteristic coupling
time tPS between P and S waves. Extensions of the
Markov method to the vectorial case allow the modeling
of the observed energy envelopes of the transverse compo-
nents of the wavefield after the onset of the direct P-wave.
The observation of such transverse energy is another man-
ifestation of the randomization of the ray directions in
a scatteringmedium. Alternative explanations for this phe-
nomenon are mode conversions or anisotropy. In the case
of a statistically homogeneous Gaussian medium with
thickness h, Sato (2006) showed that the ratio between
the peak total intensity and the peak intensity on the trans-
verse component of the P pulse scales like E2h/a. Interest-
ingly, this relation is free from absorption, since it cancels
out in the intensity ratio. Based on this approach Kubanza
et al. (2007) made a global study of energy envelopes of
transverse components in the P wave train observed at
teleseismic distances and found good correlation between
the strength of heterogeneity and the tectonic setting.
Envelope modeling: radiative transfer
When the propagation time and distances become very
large compared to the ballistic time, or when the
acquisition geometry is in the reflection mode, it becomes
crucial to take into account scattering at large angle.
A powerful approach to model seismogram envelopes in
scattering media in such cases is provided by radiative
transfer theory. In seismology, radiative transfer was intro-
duced in the mid-1980s by Wu (1985) with a first applica-
tion to data by Wu and Aki (1988). Physically, the
equation of transfer is a local statement of energy conser-
vation in a randommedium and incorporates an arbitrarily
high number of scattering events. The radiative transfer
equation also takes into account the anisotropy of the scat-
tering process, in particular large-angle scattering. There-
fore, it enables the complete modeling of seismogram
envelopes including coda waves, i.e., the late arrivals of
the seismogram. A review of the radiative transfer
approach in seismology is given by Margerin (2005).

The study of coda waves has been pioneered by Aki
(1969) and Aki and Chouet (1975). In this last reference,
the authors developed two famous models of scattering:
the single-scattering approximation and the diffusion
approximation. The single-scattering model applies
for propagation distances of the order of, or less than
the mean free path. This model has been very popular until
studies by Gusev and Abubakirov (1987) and Hoshiba
(1991) pointed out the importance of multiple scattering.
Recently, the diffusionmodel has known a revived interest
in connection with seismic experiments on volcanoes
(Wegler and Lühr, 2001; Wegler, 2004). The single-
scattering and diffusion models are respectively
short-time and large-time asymptotics of the radiative
transfer equation. Mathematically, radiative transfer
takes the form of an integro-differential equation for an angu-
larly resolved energy flux known as the specific intensity
I(r, k̂, t, o). The specific intensity quantifies the amount of

energy flowing around the direction k̂ in a small frequency
band [o, o + do] during a time interval [t, t + dt] through
a small surface element located at r. Although the concept
of specific intensitywas first introduced on a phenomenolog-
ical basis, it is nowwell understood that it is in fact connected
to the Wigner-Ville distribution of the wavefield (Ryzhik
et al., 1996):

Iðr; k̂; t;oÞ ¼ C
Z Z

huðt � t=2;r þ x=2Þuðt þ t=2;r� x=2Þ�i
e�ik	xþ iotd3xdt;

(12)

where the brackets denote an ensemble average. The key
to understand this definition is the notion of separation
of scales. In Equation 12, one must think of the intensity
as a slowly varying function of the time t, as compared
to the fast oscillations of the wavefield described by the
frequencyo. Similarly, the average intensity varies slowly
in space as compared to the wavelength. Such a separation
of scales is well satisfied by high-frequency seismograms
and guarantees that the Wigner distribution can be
interpreted as a local power spectrum of the wavefield.
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It is important to note that interference effects are
neglected in the transfer approach. This can be justified
on the basis of the small phase shifts that occur upon scat-
tering and which will be different for waves visiting differ-
ent heterogeneities.

An important step in the development of radiative
transfer was the introduction of the Monte Carlo method,
which is a flexible numerical technique to solve the trans-
fer equation. It has been introduced in seismology by
Gusev and Abubakirov (1987). The Monte Carlo method
simulates the random walk of particles, which change
direction of propagation at the end of each step. The step
length has an exponential distribution with parameter the
scattering mean free path, and the change of direction
upon scattering is provided by a probabilistic interpreta-
tion of the differential scattering cross-section. The latter
quantity can be obtained from the Born approximation at
frequencies below the geometrical optics limit. The valid-
ity of this approximation has been discussed by Wegler
et al. (2006a) and Przybilla and Korn (2008). The Monte
Carlo method can be shown to yield an exact solution of
the transfer equation (Papanicolaou et al., 2000). The var-
iance of the result typically decreases like the square root
of the number of simulated random walks.

An important application of the radiative transfer
approach was developed by Fehler et al. (1992) and
Hoshiba (1993) who proposed a method to infer the mean
free path and intrinsic quality factor in the crust from the
space time dependence of the energy radiated by small
earthquakes. The method is based on the estimation of
the energy in three successive time windows starting with
the direct S wave arrivals. Such multiple lapse-time win-
dow analysis has been applied in various regions of the
world to give estimates of the level of heterogeneity in
the crust. Typically, the mean free path of the crust around
1 Hz ranges from a few tens to a few hundred kilometers.
The method has some limitations since it assumes isotro-
pic scattering and a uniform distribution of scatterers in
a half-space.

It was pointed out by Gusev and Abubakirov (1987),
Abubakirov and Gusev (1990) and Hoshiba (1995)
that the observed shape of envelopes of body waves is
incompatible with isotropic scattering, since no broaden-
ing occurs in this case. Based on the comparison between
modeled and observed S wave seismogram envelopes,
Gusev and Abubakirov (1996) were able to infer
a Hurst exponent ranging between 1/4 and 1/2 in the crust.
In the case of crustal propagation at regional distances, the
field is dominated by guided waves. To take into account
the role of stratification and scattering in the Earth,
Hoshiba (1997), Margerin et al. (1998), and Yoshimoto
(2000) have shown how to incorporate depth-dependent
velocity and mean free path in the Monte Carlo method.
Margerin et al. (1999) numerically solved the radiative
transfer equation in the crustal geometry and confirmed
the importance of the leakage of energy at the Moho
to explain the decay of the coda, as first proposed by
Korn (1990).
Other applications of radiative transfer pertain to the
study of the seismic source. Nakahara et al. (1998) pro-
posed a method based on radiative transfer theory to infer
the distribution of high-frequency radiation on the fault
plane of large earthquakes. They considered the different
part of the fault to be independent and modeled the prop-
agation using a multiple isotropic scattering model.
Sens-Schönfelder and Wegler (2006a) devised a method
to infer the seismic moment of small crustal earthquakes
recorded at regional distance. Another important applica-
tion concerns the modeling of wave propagation in very
heterogeneous structures such as volcanoes, where the
mean free path can become as small as a few hundred
meters. A review of recent development in the field is pro-
vided by Del Pezzo (2008). It is to be noted that in cases
where the typical propagation distance is much larger than
the mean free path, the radiative transfer equation can be
simplified to a simple scalar diffusion equation for the
total energy density of P and S waves. The diffusion
approach to the modeling of seismic energy propagation
in volcanoes has been advocated by Wegler (2004).

Radiative transfer theory is still in an active stage of
development. A radiative transfer equation for elastic
waves has been introduced in seismology by Zeng
(1993); Sato (1994); and Ryzhik et al. (1996). This equa-
tion takes into account in a rigorous way the coupling
between P and S waves. A Monte Carlo method to solve
this elastic transfer equation was developed by Margerin
et al. (2000). A comparison of finite-difference andMonte
Carlo simulations by Przybilla and Korn (2008) demon-
strated the accuracy of the radiative transfer approach to
simulate the coupling and multiple scattering of P and S
waves. An extension of the radiative transfer equation to
incorporate the coupling between surface and body waves
is a major challenge. An important step in this direc-
tion was made by Maeda et al. (2007) who incorporated
the coupling between Rayleigh and body waves in the
single-scattering approximation. The impact of aniso-
tropic scale lengths has been studied by Margerin (2006)
who derived a radiative transfer equation with an angu-
lar-dependent scattering mean free path.
Global-scale scattering
The subject of seismic scattering at the global scale was
first developed in the early 1970s in connection with
short-period precursors to phases such as PP (King
et al., 1975) and PKP (Cleary and Haddon, 1972). Accom-
panying the improvement of the global seismic network
and the availability of high-quality data, evidences for
the importance of scattering in the deep Earth have accu-
mulated in recent years. The study of precursors to deep
phases such as PKP (Hedlin et al., 1997) and PKKP
(Earle and Shearer, 1997) has been used to put constraints
on the heterogeneities in the deep mantle and core. Obser-
vation and modeling of anomalous propagation of seismic
waves in the subducting lithosphere have put forward the
role of scattering by elongated heterogeneities in slabs
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(Furumura and Kennett, 2005). The presence of strong
scatterers in Earth’s inner core has been revealed by
a number of studies (Vidale and Earle, 2000; Koper
et al., 2004; Poupinet and Kennett, 2004). Vidale and
Earle (2000) used data from nuclear explosions recorded
on the LASA array to demonstrate that the long-lasting
signal following the ballistic PKiKP phase was not caused
by the response of the crust but were genuine scattered
waves radiated from the inner core. They showed exam-
ples of slowly-emergent and long-lasting PKiKP signals
recorded at an epicentral distance of about 60�. This last
point is particularly important, since it corresponds to inci-
dence angles of P waves at the inner core boundary such
that the reflection coefficient vanishes. The coda of
PKiKP thus provides a direct proof of the presence of scat-
terers in the inner core.

Since the deep Earth interior is usually thought to be
much less heterogeneous than the lithosphere, much of
the modeling work has been focused on the single-
scattering approximation (Hedlin et al. (1997); Vidale
and Earle (2000); Leyton and Koper (2007)). The radia-
tive transfer approach was introduced in global seismol-
ogy by Margerin and Nolet (2003a, b) to improve the
modeling of the precursors to the PKPwave. In particular,
they demonstrated the ability of radiative transfer to incor-
porate complicated ray geometry such as the one imposed
by the severe drop of velocity at the core–mantle bound-
ary. The Monte Carlo method was further developed by
Shearer and Earle (2004) who proposed a scheme to sim-
ulate the multiple scattering of elastic waves at the global
scale, including the coupling between P and S waves.
Their method was applied to the study of the coda enve-
lopes of teleseismic Pwaves. To explain the observations,
they proposed a 1-D model of Earth small-scale heteroge-
neity composed of a heterogeneous 200 km top-layer (4%
RMS perturbations) overlying a less heterogeneous
400-km layer (3% RMS perturbations). At the base of
the mantle, a 600 km thick layer with 0.5%RMS perturba-
tions is required to achieve a good fit to the data. Shearer
and Earle (2004) concluded that attenuation is dominated
by scattering in the upper-mantle and by absorption in
the lower mantle.

In addition to global studies of scattering of short-
period waves, an interest in the scattering of long-period
surface waves has recently arisen. Maeda et al. (2006)
performed an ( f,k) analysis of the vertical components of
three large earthquakes recorded on the Japanese Hi-Net
in the 90–180 s period band. They find that the signals
recorded between the first multi-orbiting Rayleigh wave
arrivals are composed of waves coming from all directions
with phase velocities of the order of the Rayleigh wave
fundamental mode. This suggests that in the period band
of interest, scattered Rayleigh waves are present in the
data at short lapse time. After typically 30,000 s, the
multi-orbiting Rayleigh waves have strongly decayed.
The ( f,k) analysis demonstrates that the signal is domi-
nated by waves with very large phase velocities, thereby
implying the dominance of higher-mode Rayleigh waves.
Such a phenomenon is to be expected on the ground
that higher modes sample the deeper parts of the Earth
with high intrinsic quality factor. To model the coda of
multi-orbiting Rayleigh waves, Sato and Nishino (2002)
developed a radiative transfer equation on the sphere
assuming the multiple isotropic scattering of the funda-
mental mode Rayleigh wave. In their approach, the cou-
pling with higher modes is neglected. They observe
a systematic discrepancy between observed and modeled
seismogram envelopes which also suggests that higher
modes dominate the data at lapse times larger than
30,000 s.

Interferometry with scattered waves
Green function retrieval
As explained in section Introduction, the incoherent field
refers to the waves that average out when a mean over
an ensemble of random media is performed. These waves
are incoherent in the sense that, at a given point of the
medium, they propagate in space directions that differ
from that of the mean field. But “incoherence” does not
imply that the phase information has been lost (Campillo,
2006). Campillo and Paul (2003) were the first to demon-
strate the existence of correlations between the coda
waves recorded at two distant points in the heterogeneous
crust. Such correlations emerge after sufficient temporal
and source averaging. Following Lobkis and Weaver
(2001), Campillo and Paul (2003) proposed that the corre-
lation tensor of the coda wavefields recorded at two points
A and B is in fact proportional to the Green’s tensor Gij
between these two points. In the frequency domain, such
a relation can be mathematically formulated as follows:

ui B;oð Þuj A;oð Þ�� � / ImGijðB;A;oÞ: (13)

The proportionality factor depends on the details of

the source spectrum. The occurrence of the imaginary part
of the Green’s function on the right-hand side of Equa-
tion 13 physically means that the correlation of two
wavefields is proportional to a combination of the retarded
and advanced Green’s functions. The appearance of the
advanced Green’s function is most easily understood by
noting the equivalence between correlations and time-
reversal experiments. We will not discuss this analogy,
but the interested reader can refer to Derode et al. (2003).

In seismology, the brackets in Equation 13 usually
denote an average over time windows in the coda and over
earthquake sources. An example of emergence of the
retarded and advanced Green’s function in the correlation
of coda waves recorded on a temporary network deployed
in Alaska is illustrated in Figure 3. The maximum of the
correlation is always shown for positive times, but it is
nevertheless possible to distinguish some coherent
arrivals at negative times. The reconstruction of the
Green’s function from coda waves is intimately related
to the concept of equipartition, which is a fundamental
consequence of multiple scattering. Loosely stated,
equipartition stipulates that plane P, S, Rayleigh, and Love
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Seismic Waves, Scattering, Figure 3 Example of Green’s function reconstruction from coda waves recorded in Alaska. A location
map of the experiment is shown on the left. The inset shows all the station pairs analyzed in this study. On the right, all possible terms
of the correlation tensor are represented as a function of the correlation time on the horizontal axis and the epicentral distance
between the two stations on the vertical axis. For each station pair, the three components of the seismometers have been rotated
onto the radial (R), transverse (T), and vertical (Z) reference frame (Reproduced from Paul et al. (2005)).
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waves coming from all possible directions compose the
wavefield. That the Green’s function of the medium is
recovered if the equipartition state is reached has been
shown for an infinite elastic medium by Sánchez-Sesma
and Campillo (2006). Based on the single-scattering
approximation for scalar waves, Sato (2009) demonstrated
that the correlation of coda waves recorded at two stations
enables the reconstruction of the ballistic Green’s function
between the two stations. Snieder (2004b) derived the
reconstruction of the Green’s function from coda waves
based on the stationary phase approximation. An
experimental verification of the equipartition principle
has been performed by Hennino et al. (2001). In Figure 3,
we can observe a clear time asymmetry in the
reconstructed Green’s function. This seems to contradict
the equipartition principle. Such a time asymmetry has
been studied by Paul et al. (2005). These authors demon-
strate that a flux of energy directed from the earthquake
source to the station can persist even at very large lapse
time in the coda. Such an energy flux breaks the temporal
symmetry of the correlations unless the distribution of
earthquakes around the station covers all azimuths.
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Monitoring temporal variations
An interesting application of wave multiple scattering per-
tains to the detection of weak changes in dynamic media,
i.e., media evolving with time. The methods which make
use of scattered waves to probe changes in complex media
have been termed “diffusing acoustic wave spectroscopy”
in acoustics and “coda wave interferometry” (CWI) in
seismology. In this article, we focus on applications to
seismic waves. A theoretical approach of the method is
provided by Snieder (2006). For a very accessible review
of this broad topic in physics, we refer to Snieder and Page
(2007). A comprehensive review of monitoring applica-
tions in seismology is given by Poupinet et al. (2008).

The key idea of CWI is to take advantage of the long
propagation paths of scattered waves, which accumulate
small phase differences on their way from source to sta-
tion. An example of monitoring the medium changes at
the Merapi volcano is shown in Figure 4. In this experi-
ment, a repeatable source is used to generate seismic
waves that propagate through the volcano. The fact that
the source is highly reproducible is important, as any small
difference between seismograms recorded at different
time instants can be interpreted as a change of the propa-
gating medium. Natural repeating sources such as earth-
quake doublets can also be exploited to probe medium
changes. The doublets correspond to small earthquakes
breaking the same fault patch at different times of occur-
rence (Poupinet et al., 1984). As shown in Figure 4, the
changes are virtually undetectable on the first arrivals. In
the coda, the medium changes are manifested by a small
time delay between two very similar waveforms. In the
case of the Merapi data shown in Figure 4, an analysis of
the delay times as a function of the time lag in the coda
reveals that the two seismograms are nearly stretched ver-
sions of one another. This means that the two waveforms
can be related by a similarity transformation t ! t(1 + E)
of the time variable. Such an observation can be
E- - - L- - -
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time, sa time
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Seismic Waves, Scattering, Figure 4 Illustration of the principle o
repeatable source is used to probe the Merapi volcano with seismi
shown by blue and black lines. The insets show the comparisons of
part of the signal (L). In the later portion, a clear time shift between
(2004a)).
interpreted as a very small change of the wave velocity
dv in the propagating medium. The relation between the
stretching parameter E and the velocity variation reads
(Sens-Schönfelder and Wegler 2006b):

E ¼ � dv
v

(14)
In practice, the velocity change can be estimated by
measuring the delay time which maximizes the correlation
between the two signals. Such a procedure can be applied
to moving time windows in the coda, of typical duration,
a few central periods. The relation (14) is valid for acoustic
waves only. A formula valid for elastic coda waves in the
equipartition regime has been derived by Snieder (2002).
Ratdomopurbo and Poupinet (1995), and Wegler, et al.
(2006b) found that the shear velocity increases prior to
eruptions at the Merapi volcano, an observation
interpreted as a pressurization effect due to the magma
ascent. Typically, relative velocity changes of the order
of 10�5–10�4 can be detected (Poupinet et al., 2008). This
makes coda wave interferometry the ideal tool to study the
rheology of materials (Snieder et al., 2002).

As a final example of the use of scattered waves, we
consider a method which has been termed “passive image
interferometry” (Sens-Schönfelder and Wegler, 2006b)
which combines coda wave interferometry with the princi-
ple of Green’s function reconstruction from coda waves.
Passive interferometry uses ambient noise – instead of
coda waves – to reconstruct the Green’s function. The
coda part of the reconstructed Green’s function is subse-
quently used to monitor temporal variations in the
medium. A great advantage of this method as compared
to the usual coda wave interferometry lies in the fact that
noise records allow a continuous reconstruction of the
Green’s function over very long time periods. Brenguier
et al. (2008) demonstrated the possibility to detect very
, s time, s

3 3.5

L

12.5 13 13.5

c

f coda wave interferometry. A controlled and
c waves. The signals recorded at a time interval of 1 year are
waveforms in the early part of the signal (E) and in the late
the two traces can be observed (Reproduced from Snieder
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small medium changes at Le Piton de la Fournaise volcano
in la Réunion Island. Applications to the study of the
recovery phenomena in sediments affected by strong
ground motion are developed in Sawazaki et al. (2009).

Summary
This article presents a nontechnical introduction to the var-
ious phenomena and methods pertaining to the scattering
of seismic waves. The basic concepts of seismic scattering
are introduced with the aid of a thought-experiment. The
topics covered include the interpretation of transmission
fluctuations, the broadening of envelope at regional dis-
tances, the interpretation of coda waves at local and global
scales, and the use of scattered waves in seismic interfer-
ometry. The methods developed in seismic scattering
offer powerful tools for the stochastic imaging of Earth’s
structure at spatial scales that cannot be resolved by tradi-
tional tomographic methods. In addition, scattered seismic
waves are extremely sensitive to slight temporal changes
of the medium. Using the interferometric approach,
multiply-scattered coda waves can be used to monitor
the evolution of the dynamic Earth.
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Definition
Seismic zonation. The process of subdividing the territory
into regions with respect to the level of seismic hazard.
The result of seismic zonation is usually presented as
a map, which is based on seismic hazard map.

Introduction
Seismic zonation is useful for hazard reduction such as
earthquake-resistant design of structures, risk analysis,
land-use planning, etc. Many earthquake-prone countries
developed seismic zonation maps. Seismic zonation map
is usually revised or updated periodically with the pro-
gress in methodology and accumulation of new data. Seis-
mic intensity (see Earthquakes, Intensity) or ground
motion parameters such as peak ground acceleration
(PGA), peak ground velocity (PGV), and spectral acceler-
ation at specific natural period are mostly adopted in seis-
mic zonation map. In the early stage, most seismic
zonation maps were in terms of intensity, but since the
1980s, ground motion parameters have become popular.
More commonly, such maps take the exceeding probabil-
ity of 10% within 50 years (return period 475 years) as
standard.

Methodology
The basic method to develop seismic zonation map is the
seismic hazard analysis (see Seismic Hazard) approach.
Both deterministic and probabilistic approaches are
adopted. Although some new deterministic approaches
based on the computation of synthetic seismograms are
used in recent years in developing seismic zonation maps
(Parvez et al., 2003), nevertheless probabilistic
approaches are more popular. The seismic zonation maps,
based on seismic hazard maps (see Seismology, Global
Earthquake Model), of many countries are developed by
the use of probabilistic approach. The well-known USGS
National Seismic Hazard Maps (Algermissen and Perkins,
1976; Algermissen et al., 1990; Frankel et al., 1996;
Frankel et al., 2002; Petersen et al., 2008) and the Global
Seismic Hazard Assessment Programme (GSHAP) are
the typical (see Seismic Hazard) ones. In this article, only
probabilistic method is briefly introduced.

The probabilistic method (usually referred to as PSHA–
probabilistic seismic hazard analysis) was first introduced
by Cornell (1968) and since then widely adopted and
modified (McGuire, 1978; Bender and Perkins, 1982).
There are four basic steps for assessment of PSHA
(Figure 1):

Step 1: Definition of seismic sources. Sources may range
from small faults to large seismotectonic provinces with
uniform seismicity. The type of seismic source can be
both line or area sources.

Step 2: Definition of seismicity recurrence characteristic for
the sources, where each source is described by an earth-
quake probability distribution, or recurrence relationship.
A recurrence relationship indicates the chance of an
earthquake of a given magnitude to occur anywhere
inside the source during a specified period of time. An
upper bound earthquake is chosen for each source, which
represents the maximum event to be considered.

Step 3: Development of groundmotion attenuation relation-
ships. This is usually done empirically from strongmotion
records (see Earthquakes, Strong-Ground Motion).

Step 4: Determination of the hazard at each site. In this
case, the effects of all the earthquakes of different sizes
occurring at different locations in different earthquake
sources at different probabilities of occurrence are inte-
grated into one curve that shows the probability of
exceeding different levels of ground motion level (such
as PGA) at the site during a specified period of time.

There are two basic assumptions in the seismic hazard
analysis method at present: (a) Seismicity in the region
around the site in the past indicates that in future, the
recurrence rate of given site is the same as that of historic
period. (b) Seismicity of the region can be expressed by
tectonic earthquakes in the region, i.e., the seismic activi-
ties distribute homogeneously in a certain tectonic area or
an active fault.

The two assumptions accord with the two principles of
historic earthquake repeatness and tectonic extrapolation.
The difference is that the PSHA adds a new concept of
magnitude interval recurrent rate and the hazard is evalu-
ated with probabilistic analysis method. The method can
provide the exceedence probability of different ground
motion extent (intensity, acceleration, etc.) at the site in
specific time intervals, so that the earthquake resistant
parameters can be selected with different exposure period,
risk level, and various engineering structures.

Example: seismic zonation map of china (2001)
The first seismic zonation map of China was compiled by
Wong (1921) after the Haiyuan earthquake, which
occurred in 1920. After that, three versions of seismic
zonation map were developed in 1957, 1977, and 1990
(Shi et al., 1992). The 1957 version demonstrated the
maximum affected intensity of China. The 1977 version
was provided by using the methodology of long-term
and middle-term earthquake prediction. This version of
seismic zonation map demonstrated the maximum
encountered intensity in the forthcoming 100 years. This
map was adopted by the building code. The 1990 version
used probabilistic method. The seismic intensity with
exceeding probability of 10% within 50 years was given
in the map. It was used in the building code and other reg-
ulations related with seismic design. In 2001, a new seis-
mic zonation map of China was issued. This map also
used probabilistic method. The PGA and characteristic
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period of response spectrum Tg with exceeding probabil-
ity of 10% within 50 years were given in the map. The
probabilistic method used in developing seismic zonation
of China (2001) was a little bit different from PSHA.

Most earthquakes in China are intraplate earthquakes
(see Seismicity, Intraplate).Theirnon-homogeneity inspace,
non-stationarity in time were shown in the historical earth-
quake catalogs. The PSHA method applied in China can
reveal non-homogeneity in space, non-stationarity in time.
The approaches applied differ from PSHA in two aspects:

1. Evaluating seismicity and determining magnitude dis-
tribution, total annual occurrence rate of the province
are on the basis of the seismic tendency estimation
and the seismic characteristics analysis.
2. Annual rates of sources in all magnitude intervals are
determined by spatial distribution functions, which
describe relative risk among sources in the province.

The technical approach developing the national seismic
zonation map of China (2001) is shown in Figure 2
(Gao, 2003).

The key scientific problems in compiling this map are:
(a) how to treat the uncertainties in the evaluation of seis-
micity parameters and the delineation of potential sources
as well as the attenuation relationship; (b) how to select the
suitable parameters in the zonation map to fit the need of
seismic design; and (c) how to use the domestic data and
the data from the world to get the attenuation of the ground
motion parameters.
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The logic tree method is adopted to treat the uncer-
tainties in seismic hazard analysis. The multi-set of poten-
tial source delineations was used. Four groups of scientists
participated in the work of potential sources delineations
based on the independent background and database. There
are four sets of potential sources adopted in the logic tree
analysis. Figure 3 is one of the potential source set.

Site-related seismic response spectrum is the base of
seismic design for ordinary industry and civil construc-
tion. The site-related response spectrum is not only closely
related to the earthquake environment, but also related to
the soil condition. It is very difficult to decide site-related
response spectrum by a single parameter such as intensity
or peak acceleration. According to the results form seismic
hazard assessment and the building code, the basic param-
eters used in the seismic zoning map to provide site-
related response spectrum are PGA and the characteristic
period of the response spectrum.

The attenuation relationships for the acceleration
response spectrum platform value Sa and the velocity
response spectrum platform value Sv were developed by
modifying corresponding attenuation relations in the
western United States according to the differences of
intensity attenuation relations. Then the PGA and the char-
acteristic period of response spectrum of acceleration Tg
were defined as:
PGA ¼ Sa
2:5

Tg ¼ 2p
Sv
Sa

(1)

The country was divided into 40,000 grids. The proba-

bilistic seismic hazard analysis for every grid was
performed. The groundmotion parameters with exceeding
probability 10% within 50 years (return period 475 years)
were determined.

The new zoning map includes two specific maps. One
is PGA in gravity unit g (Figure 4) and the other is Tg in
second (Figure 5). The scale of the maps are
1:4,000,000. The soil condition is medium hard soil. From
these two parameters, the design response spectrum can be
determined easily by (Equation 2):

SaðTÞ ¼ 2:5a
6T þ 0:4 0 � T < 0:1
1 0:1 � T < Tg
Tg=T T � Tg

8<
: (2)

where a is PGA in g, T is the natural period in second.
In the acceleration map (Figure 4), the territory is

divided into seven zones. The acceleration for the seven
zones are 0.05, 0.05, 0.10, 0.15, 0.20, 0.30, and �0.40 g,
respectively.
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Seismic Zonation, Table 1 Tg value for different soil conditions
(unit: second)

Zone

Soil conditions

Hard Medium hard Medium soft Soft

1 0.25 0.35 0.45 0.65
2 0.30 0.40 0.55 0.75
3 0.35 0.45 0.65 0.90

1230 SEISMIC, AMBIENT NOISE CORRELATION
In the characteristic period zoning map (Figure 5), the
territory of China is divided into three zones. Zone 1 is
the region with Tg = 0.35 s, zone 2 with Tg = 0.40 s, and
zone 3 with Tg = 0.45 s.

For different soil conditions, the Tg value should be
adjusted as Table 1, but the PGA value does not change
with soil conditions.

The new national seismic zonation map of China serves
as the obliged state standard, which took into effect in
August 1, 2001. For the ordinary new constructed build-
ings, the standard must be followed.

Summary
Seismic zonation is a process of estimation of the seismic
hazard in terms of parameters of ground motion for
a certain area. Assessment results in seismic zonation
map compilation, which reflects territorial distribution of
the seismic hazard (see Seismic Hazard). Seismic zonation
map is useful for hazard reduction such as earthquake-
resistant design of structures, risk analysis, land-use plan-
ning, etc. Many countries apply seismic hazard maps in
anti-seismic codes. Recently, the probabilistic seismic
hazard analysis method is more commonly used in com-
piling seismic zonation map. The seismic zonataion maps
take the exceeding probability of 10% within 50 years
(return period 475 years) as standard. Seismic zonation
will develop with the development of seismic hazard
assessment methodology and anti-seismic policy.
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Definition
Seismic noise: permanent motion of the Earth surface that
is not related to earthquakes or specific controlled sources.
Introduction
Traditional observational methods in seismology are
based on earthquake records. It results in two main short-
comings. First, most techniques are based on waves emit-
ted by earthquakes that occurred only in geologically
active areas, mainly plate boundaries. This results in
a limited resolution in all other areas where earthquakes
are not present. Second, the repetition of earthquakes is
rare, preventing the study of continuous changes within
active structures such as volcanoes or faults.

Also at smaller scales in the context of geophysics
prospecting, the resolution is limited by the number and
power of sources, making it difficult to image large areas
and/or deep structures. Similarly, reproducible sources
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are necessary for time-lapse monitoring leading to long-
duration surveys that are difficult to achieve.

Nowadays, the seismic networks are producing contin-
uous recordings of the ground motion. These huge
amounts of data consist mostly of so called seismic noise,
a permanent vibration of the Earth due to natural or indus-
trial sources. Passive seismic tomography is based on the
extraction of the coherent contribution to the seismic field
from the cross-correlation of seismic noise between sta-
tion pairs.

As described in many studies where noise has been
used to obtain the Green’s function between receivers,
coherent waves are extracted from noise signals even if,
at first sight, this coherent signal appears deeply buried
in the local incoherent seismic noise. Recent studies on
passive seismic processing have focused on two applica-
tions, the noise-extracted Green’s functions associated
to surface waves leads to subsurface imaging on scales
ranging from thousands of kilometers to very short dis-
tances; on the other hand, even when the Green’s func-
tion is not satisfactorily reconstructed from seismic
ambient noise, it has been shown that seismic monitoring
is feasible using the scattered waves of the noise-
correlation function.
Theoretical basis for the interpretation of noise
records at two stations
Passive seismology is an alternative way of probing the
Earth’s interior using noise records only. The main idea
is to consider seismic noise as a wave field produced by
randomly and homogeneously distributed sources when
averaged over long time series. In this particular case,
cross-correlation between two stations yields the Green’s
function between these two points. In the case of
a uniform spatial distribution of noise sources, the cross-
correlation of noise records converges to the complete
Green’s function of the medium, including all reflection,
scattering, and propagation modes. However, in the case
of the Earth, most of ambient seismic noise is generated
by atmospheric and oceanic forcing at the surface. There-
fore, the surface wave part of the Green’s function is most
easily extracted from the noise cross-correlations. Note
that the surface waves are the largest contribution of the
Earth response between two points at the surface.

Historically speaking, helioseismology was the first
field where ambient-noise cross-correlation performed
from recordings of the Sun’s surface random motion was
used to retrieve time-distance information on the solar sur-
face. More recently, a seminal paper was published by
Weaver and Lobkis (2001) that showed how, at the labora-
tory scale, diffuse thermal noise recorded and cross-
correlated at two transducers fastened to one face of an
aluminum sample provided the complete Green’s function
between these two points. This result was generalized to
the case where randomization is not produced by the dis-
tribution of sources, but is provided by multiple scattering
that takes place in heterogeneous media.
By summing the contributions of all sources to the corre-
lation, it has been shown numerically that the correlation
contains the causal and acausal Green’s function of the
medium. Cases of non-reciprocal (e.g., in the presence of
a flow) or inelastic media have also been theoretically
investigated. Derode et al. (2003) proposed to interpret the
Green’s function reconstruction in terms of a time-reversal
analogy that makes it clear that the convergence of the
noise-correlation function towards the Green’s function is
bonded to the stationary phase theorem. For the more gen-
eral problem of elastic waves, one could summarize that
the Green’s function reconstruction depends on the
equipartition condition of the different components of the
elastic field. In other words, the emergence of the Green’s
function is effective after a sufficient self-averaging process
that is provided by random spatial distribution of the noise
sources when considering long-time series as well as scat-
tering (e.g., Gouédard et al., 2008 and references herein).

Applications in seismology
For the first time, Shapiro and Campillo (2004)
reconstructed the surface wave part of the Earth response
by correlating seismic noise at stations separated by dis-
tances of hundreds to thousands of kilometers, and mea-
sured their dispersion curves at periods ranging from
5 s to about 150 s. Then, a first application of passive seis-
mic imaging in California (e.g., Shapiro et al., 2005; Sabra
et al., 2005) appeared to provide a much greater spatial
accuracy than for usual active techniques. More recently,
the feasibility of using the noise cross-correlations to mon-
itor continuous changes within volcanoes and active faults
was demonstrated (e.g., Brenguier, 2008a, b). These
results demonstrated a great potential of using seismic
noise to study the Earth interior at different scales in space
and time. At the same time, the feasibility of both noise-
based seismic imaging and monitoring in every particular
case depends on spatio-temporal properties of the avail-
able noise wavefield. Therefore, a logical initial step for
most of noise-based studies is to characterize the distribu-
tion of noise sources. Also, in many cases, knowledge of
the distribution of the noise sources can bring very impor-
tant information about the coupling between the Solid
Earth with the Ocean and the Atmosphere. So far, we
can identify three main types of existing seismological
applications related to noise correlations: (1) studies of
spatio-temporal distribution of seismic noise sources,
(2) noise-based seismic imaging, and (3) noise-based seis-
mic monitoring.

Noise source origin and distribution
Distribution of noise sources strongly depends on the
spectral range under consideration. At high frequencies
(> 1 Hz), the noise is strongly dominated by local sources
that may have very different origins and are often anthro-
pogenic. At these scales, the properties of the noise
wavefield should be studied separately for every particular
case and no reasonable generalization can be done. At
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longer periods, noise is dominated by natural sources. In
particular, it is well established that two main peaks in
the seismic noise spectra in so-called microseismic band
(1–20 s) are related to forcing from oceanic gravity waves.
It has been also argued that at periods longer than 20 s, the
oceanic gravity and infragravity waves play amajor role in
the seismic noise excitation. The interaction between these
oceanic waves and the solid Earth is governed by
a complex non-linear mechanism (Longuet-Higgins,
1950) and, as a result, the noise excitation depends on
many factors such as the intensity of the oceanic waves
but also the intensity of their interferences as well as the
seafloor topography (e.g., Kedar et al., 2008). Overall,
the generation of seismic noise is expected to be strongly
modulated by strong oceanic storms and, therefore, to
have a clear seasonal and non-random pattern.

Seismic noise in the microseismic spectral band is dom-
inated by fundamental mode surface waves. It is currently
debated whether the surface wave component of micro-
seisms is generated primarily along coastlines or if it is
also generated in deep-sea areas. Inhomogeneous distribu-
tion and seasonality of microseismic noise sources is
clearly revealed by the amplitude of the Rayleigh wave
reconstructed in noise cross-correlations (e.g., Stehly
et al., 2006) as shown in Figure 1. At the same time, body
waves were detected in the secondary microseismic band
and can be sometimes associated with specific storms.
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Seismic, Ambient Noise Correlation, Figure 1 Comparison betwe
and significant wave height. (a) and (c) Geographical distribution o
10–20 s noise cross correlations during the winter and the summer,
height measured by TOPEX/Poseidon during the winter and the su
Figure 2 shows that sources of microseismic P waves are
located in specific areas in deep ocean and exhibit strong
seasonality as determined from the analysis of records
by dense seismic networks (Landes et al., 2010).
Noise-based seismic imaging
Numerous studies has demonstrated that, when consid-
ered over sufficiently long times, the noise sources
become sufficiently well distributed over the Earth’s sur-
face and that dispersion curves of fundamental mode sur-
face waves can be reliably measured from correlations of
seismic noise at periods between 5 and 50 s for most of
interstation directions. This led to the fast development
during recent years of the ambient-noise surface wave
tomography. It consists of computing cross-correlations
between vertical and horizontal components for all avail-
able station pairs followed by measuring group and phase
velocity dispersion curves of Rayleigh and Love waves
(e.g., Bensen et al., 2007). This dispersion curves are then
regionalized (e.g., Lin et al., 2009) and inverted to obtain
three-dimensional distribution of shear velocities in the
crust and the uppermost mantle. After first results obtained
in southern California (Shapiro et al., 2005; Sabra et al.,
2005), this method has been applied with many regional
seismological networks (e.g., Yao et al., 2006; Lin et al.,
2007; Yang et al., 2008a). At smaller scales, it can be used
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to study shallow parts of volcanic complexes (e.g.,
Brenguier et al., 2007). The ambient-noise surface wave
tomography is especially advantageous in context of
dense continent-scale broadband seismic networks such
as available in USA (e.g., Moschetti et al., 2007; Yang
et al., 2008b) and Europe (e.g., Stehly et al., 2009). At
these scales, noise-based imaging can be used to obtain
high-resolution information about the crustal and the
upper mantle structure including seismic anisotropy
(e.g., Moschetti et al., 2010) and can be easily combined
with earthquake-based measurements to extend the reso-
lution to larger depths (e.g., Yang et al., 2008b). An exam-
ple of results obtained from combined noise and
earthquakes based surface wave tomography in western
USA is shown in Figure 3.

Noise-based monitoring
One of the advantages of using continuous noise records
to characterize the earth materials is that a measurement
can easily be repeated. This led recently to the idea of
a continuous monitoring of the crust based on the mea-
surements of wave speed variations. The principle is to
apply a differential measurement to correlation functions,
considered as virtual seismograms. The technique devel-
oped for repeated earthquakes (doublets), proposed by
Poupinet et al., 1984, can be used with correlation
functions. In a seismogram, or a correlation function, the
delay accumulates linearly with the lapse time when the
medium undergoes a homogeneous wave speed change,
and a slight change can be detected more easily when con-
sidering late arrivals. It was therefore reasonable, and
often necessary, to use coda waves for the measurements
of temporal changes. Noise-based monitoring relies on
the autocorrelation or cross-correlation of seismic noise
records (Sens-Schönfelder and Wegler, 2006; Brenguier
et al., 2008a, b). When data from a network are available,
using cross-correlation take advantage of the number of
pairs with respect to the number of stations. It is worth not-
ing that the use of the coda of the correlation functions is
also justified by the fact that its sensitivity to changes in
the origin of the seismic noise is much smaller than the
sensitivity of the direct waves. Several authors noted that
an anisotropic distribution of sources leads to small errors
in the arrival time of the direct waves, which can be eval-
uated quantitatively (e.g., Weaver et al., 2009). While in
most of the cases, they are acceptable for imaging, they
can be larger than the level of precision required when
investigating temporal changes. The issue of the nature
of the tail (coda) of the cross-correlation function is there-
fore fundamental and was analyzed by Stehly et al. (2008).
These authors showed that it contains at least partially the
coda of the Green function, i.e., physical arrivals which
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kinematics is controlled by the wave speeds of the
medium. It can therefore be used for monitoring temporal
changes. As an illustration of the capability of this
approach, we present in Figure 4 a measure of the average
wave speed change during a period of 6 years in the region
of Parkfield, California. Two main events occurred in this
region during the period of study: the 2003 San Simeon
and 2004 Parkfield earthquakes. In both cases, noise-
based monitoring indicates a co-seismic speed drop.
The measured relative variations of velocity before de
San Simeon earthquake are as small as 10�4. The changes
of velocity associated with earthquakes are associated
with at least two different physical mechanisms: (1) the
damage induced by the strong ground motions in shallow
layers and fault zone, as illustrated by the co-seismic effect
of the distant San Simeon event, and (2) co-seismic bulk
stress change followed by the post-seismic relaxation, as
shown with the long-term evolution after the local
Parkfield event, similar in shape to the deformation mea-
sured with GPS.
Summary
Continuous recordings of the Earth surface motion by
modern seismological networks contain a wealth of infor-
mation on the structure of the planet and on its temporal
evolution. Recent developments shown here make it pos-
sible to image the lithosphere with noise only and to detect
temporal changes related to inner deformations.
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Seismic, Migration, Figure 1 Schematic illustration of early
pencil-and-paper migration. Assuming constant velocity and
zero-offset source and receiver, an event on a seismic trace is
swung out along an arc of a circle. Repeating this for the
corresponding event on all traces produces an image of
a reflector, which lies along the envelope of all the arcs.
SEISMIC, MIGRATION

Samuel H. Gray
CGGVeritas, Calgary, AB, Canada

Synonyms
Seismic imaging

Definition
Seismic migration. A set of techniques for transforming
recorded (elastic-wave) seismic reflection data into an
image of reflecting boundaries in the earth’s interior. In
simplest form, these are intended to correct certain distor-
tions present in recorded wavefields. The distortions can
be caused by: diffractors inside the earth, which scatter
the incident energy to a range of receiver locations; geo-
metric effects caused by dipping reflectors; and velocity
effects, which cause the seismic waves to change direction
as they propagate from source to reflector to receiver.
Migration is also used to estimate seismic velocity and to
provide amplitudes for rock property analysis.

The migration heuristic assumes that subsurface reflec-
tors are made up of point diffractors (Trorey, 1970). The
response of a reflector to input seismic energy is the sum
of responses to all the diffractors, and migration trans-
forms this response to the actual reflector shape by
collapsing each diffractor response to a point (diffraction
stack).

History
Mapping using pencil and paper; mechanical
migration
The first migrations were performed in the 1920s as
a manual operation. A single-fold reflection profile was
acquired with sources and receivers on the surface of the
earth, and two-way travel times for events from
a shallow dipping reflector were picked on the recorded
traces. The extent of the lateral offset between source
and receiver locations was neglected, which is equivalent
to assuming that sources and receivers were colocated, or
at zero offset. Then circular arc segments were drawn, cen-
tered at the source-receiver midpoints and with radii equal
to one-half the product of the picked travel times and the
velocity of propagation in the overburden. The envelope
of these mapped arcs gave a rough picture of the reflecting
interface (Figure 1).

This technique reveals principles and problems of
migration. First, reflection events move sideways, or
migrate, from their picked time locations on the recording
surface (the source-receiver midpoints) to subsurface
locations at the reflection interface. When reflectors in
the earth are not flat, the lateral position of a subsurface
reflector is different from that of the recording location
of the same event. Second, the assumption of colocated
sources and receivers is problematic. As the use of seismic
data increased, reflection profiles were typically acquired
using higher fold, or multiplicity: for each source,
a spread of many receivers recorded reflection data in
order to provide a greater multiplicity of observations.
Some of the receivers were a considerable distance from
the source locations, violating the zero-offset assumption.
Later, the common-midpoint (CMP) stack (Mayne, 1962)
performed approximate corrections intended to shift each
event on a nonzero-offset recorded trace to its zero-offset
time, once again allowing the use of the zero-offset
assumption in migration (poststack migration). In areas
of complicated geologic structure, however, the time cor-
rections used in the CMP stacking process are not accu-
rate, requiring that each recorded trace be migrated using
its actual source and receiver location (prestack migra-
tion). Third, if more than one reflector exists inside the
earth, the various migrated events can interfere with one
another as the circular arcs that build up their envelopes
overlap. This problem is solved by the more recent appli-
cation of wave theory to migration. This allows the
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rigorous migration of waveforms, with energy buildup
near reflector locations, and energy cancellation away
from reflector locations. Fourth, if the velocity used in
the migration process is incorrect, the image of
a subsurface reflector will be located incorrectly. This fun-
damental velocity problem persists today.

The process of swinging reflection events through arcs to
construct approximate reflector segments spawned a number
of mechanical devices that migrated reflection records. They
allowed the migration of picked events from nonzero-offset
traces. However, they were all based on the same principle
of swinging events over a restricted range of angles. This
process was formalized by Hagedoorn (1954).

Digital migration
Seismic recording, processing, and migration became dig-
ital in the 1960s. Digital processing emphasized the dis-
crete sampling of signals, in both time and space. It also
allowed reflection records to be treated as wavefields,
and wavefield algorithms could be applied to them.
Wave-equation migration methods arose, based on differ-
ential equations, integral solutions to the wave equation,
or mapping in the Fourier domain (Berkhout, 1982;
Yilmaz, 1987). These methods are in use today. They have
different realms of validity and different efficiencies. One
of the methods, integral (Kirchhoff) migration, deserves
mention. This technique is the direct descendant of pen-
cil-and-paper migration. In Kirchhoff migration, samples
on the recorded input traces are swung out over a range
of angles. The earlier techniques could consider only iso-
lated events, because constructing the envelopes
corresponding to all reflection events of a record would
produce an uninterpretable mess. However, including the
wave equation as an essential part of the process allowed
all samples to be swung out. Constructive and destructive
interference, a natural consequence of treating the samples
as components of a wavefield, caused reflection events to
appear on the image, not as envelopes, but as waveforms
moved to reflector locations.

Poststack migration
The first digital migrations were performed on computers
with limited memory and processing capability. Migrating
all traces of a two-dimensional (2-D) reflection survey
involving hundreds of source locations, each with tens of
receiver locations, would have taken months on early
computers. So it became necessary to make use of the
intermediate process of CMP stack to reduce the number
of traces to be migrated. As mentioned above, this process
performs time (“normal moveout,” or NMO) corrections
to traces with nonzero source-receiver offset. These cor-
rections are time shifts, different for each sample, intended
to produce equivalent zero-offset traces to be summed, or
stacked, together. The quality of the normal-moveout pro-
cess depends on the stacking velocity, which determines
the time shift to be applied to each sample of each non-
zero-offset trace. In order to stack together traces in
a domain where the velocity varies as little as possible, it
is desirable to sort the input traces from their original
recorded common-shot configuration to a set of records
where each record has a common source-receiver mid-
point – thus the term common-midpoint stack. The
stacking velocity for a common-midpoint gather is taken
to be the velocity at the midpoint location. This velocity
can vary with time down the zero-offset trace of the record.
For each value of time, it is a type of average velocity.
When all the traces in a CMP gather have been NMO-
corrected and summed (stacked) together, the CMP gather
has been replaced with a single, zero-offset, trace. The
NMO/stack process is illustrated on a single reflection
event in Figure 2. The ensemble of zero-offset traces, from
all CMP gathers indexed by their midpoint locations, is
a stacked record ready to be (poststack) migrated.

The CMP stacking process makes several approxima-
tions that are incompatible with the physics of wave prop-
agation inside the earth. For example, sorting into CMP
records and assuming that the seismic velocity does not
change for all traces within a record ignores the lateral var-
iability of the actual velocity, and it assumes that the
reflectors inside the earth are locally flat below each mid-
point location. These approximations were not usually
damaging in earlier times, when drilling prospects were
in shallow, relatively simple geology. As shallow targets
were drilled, leaving deeper prospects under complex
overburden with complex velocity behavior, the approxi-
mations broke down. Since about 2000, migration
performed without CMP stacking (prestack migration)
has become commonplace.

Prestack migration
Dropping the NMO/stack process from the migration flow
eliminated some problems, but it made the velocity esti-
mation problem more complicated. NMO velocities were
useful for migration as well as stacking. These velocities
were not necessarily accurate, but they provided a guide
for the velocities to be used in migration. Using a rough
estimate of velocity, poststack migration generates plausi-
ble migrated images, even if they lack the resolution
required for interpretation of subtle targets. Accurate
prestack migration, on the other hand, requires the veloc-
ity to be estimated without a prior stacking velocity analy-
sis. New tools, consistent with wave propagation inside
a geologically complicated earth, were needed for this
task. These tools have been under development since the
1980s, but are not yet completely satisfactory. Unlike
NMO/stack, they allow arbitrary velocity structure inside
the earth, and there is no “locally flat” assumption.

2-D, 3-D, wide-azimuth 3-D acquisition and
migration
Early seismic reflection profiles were acquired along 2-D
lines, both land and marine. On land, a line of receivers
was laid out, and shots were fired into the earth at locations
along the line. As the shot locations moved along the line,



0 m

t0

7500 m 0 m 7500 m

CMP

StackNMO

OffsetOffset

T
im

e

T
im

e

T
im

e
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receivers were picked up from the back end of the spread
and placed at the front. Marine data were acquired using
a vessel towing a linear array of receivers (a streamer), fir-
ing at regular locations along the line. 2-D processing
assumes that the subsurface of the earth is invariant in
the direction perpendicular to the line direction. When this
assumption is violated, “out-of-plane” reflectors (not ver-
tically below the acquisition line) contribute energy to
the reflection records; 2-D migration cannot map this
energy to its correct locations. For this reason, 3-D acqui-
sition became commonplace in the 1970s and 1980s. On
land, the receivers were laid out in a 3-D pattern (patch)
that could be repeated as in 2-D. Gradually, the receiver
patch became larger (thousands of meters on a side), with
a wider range of azimuths, or compass directions of vec-
tors joining the source and receiver locations. Today, the
recording patch often contains several thousand receivers.
Wide-azimuth marine acquisition is more difficult than
land because it is physically impossible for a single vessel
to tow the large number of streamers required. However,
adding a second vessel as a source vessel alongside the
first vessel at a large lateral distance produced data over
a wide range of azimuths as for land.

Moving from 2-D to 3-D enabled the accurate migra-
tion of geologically complex structures such as salt bodies
and overthrust structures, and it altered the economics of
migration. In the initial days of 3-D seismic data, 2-D
prestack migration was available but not commonly
applied because it was still too computationally expen-
sive. A fortiori, 3-D prestack migration was not yet feasi-
ble. In 3-D, the numbers of input and output locations are
increased by an order of magnitude over 2-D, increasing
migration cost by two orders of magnitude.
Deep crustal imaging
Most migration projects are performed by the oil and gas
industry for hydrocarbon exploration, whose target depths
rarely exceed 10 km. However, solid-earth geophysicists
acquire and migrate seismic data to map crustal structures
tens of kilometers deep. Imaging very deep targets with
cumulative overburden effects such as wavefield scatter-
ing and absorption presents added challenges, and migra-
tion cannot be expected to be successful as often as it is for
hydrocarbon exploration (Warner, 1987).
Time migration, depth migration
Seismic traces are recorded in time, with a particular event
occurring at different times on traces with different lateral
positions. The CMP stack produces a composite section,
with a trace at each position. Although migration is used
to image reflectors inside the earth, the CMP stack itself
provides a crude image. With its collapse of many seismic
records into one, and its use of redundancy (fold) to sup-
press noise, the CMP stack produces images that can some-
times be interpreted without migration. If the CMP stack is
migrated with the depth axis on the migrated image
replaced by time, events on the unmigrated stack and the
migrated stack can be compared directly, helpingwith inter-
pretation. Such a migration, called “time migration,” is
opposed to the more natural “depth migration.”

This fact has caused a diversity of approaches to migra-
tion. Geophysical interpreters often prefer time migration,
but structural geologists and engineers usually prefer
depth migration. Structural geology deals with space
(depth) and how space is filled with material; geologists
and engineers are concerned with the physical dimensions
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of a potential hydrocarbon trap. Even if a migrated image
is interpreted in time, in principle it is preferable to per-
form the migration and display the final image in depth.
In practice, however, there are valid arguments against this
statement.

First, time migration is sometimes more robust than
depth migration; that is, it is often easier to produce an
interpretable image with time migration than with depth
migration, even if the image is known not to be accurate.
This is because time and depth migration treat velocity dif-
ferently. Time migration, following procedures developed
for NMO/stack, uses what is best called an imaging veloc-
ity field, i.e., one that best focuses the migrated image.
At each image location, this velocity is an average of the
seismic velocity values in the overburden above the image
depth. The imaging velocity is free to vary spatially.
In essence, time migration performs a constant-velocity
migration at each image location, where the constant can
change from point to point. The imaging velocity field that
produces the best image need not be consistent with any
possible field of actual velocities inside the earth, and
any attempt to convert the imaging velocities to a field
of geologically possible earth velocities can fail. For
example, assuming that the imaging velocities are root-
mean-square velocities and using the Dix (1955) equation
to invert these to interval velocities often produces physi-
cally impossible values. This inconsistent handling of
velocity allows time migration to be robust. Second, the
precision implied by depth migration is not always justi-
fied. A migrated image purports to show locations of
reflectors and diffractors inside the earth, but often the
locations are incorrect. It is easy to see that this can happen
for time migration, which is not precise because of its
inconsistent handling of velocity. For depth migration,
the implied accurate positioning of reflectors assumes
a correct migration velocity, which is an interval velocity
field, i.e., a field of local velocities. Using accurate inter-
val velocities allows depth migration to image more accu-
rately than time migration can, but using inaccurate
interval velocities can degrade image coherence that the
less precise velocities of time migration often preserve.
Seismic, Migration, Figure 3 Prestack depth migration
common-image gathers from six different locations on a survey
from Western Canada. Each of the gathers contains traces from
migrations of data with offsets ranging from 0m to 4,500 m. The
events on the gathers are flat except at the greatest depths,
indicating that the velocity field is largely correct.
Purposes of migration
Strucural imaging
The primary goal of seismic migration is to correct distor-
tions present in recorded seismic records, due to
uncollapsed diffraction energy, geometric effects, or
velocity effects. Even in areas of fairly flat geology,
diffracted energy from abrupt fault terminations can
obscure deeper reflection events, making their interpreta-
tion difficult. Therefore, collapsing unwanted diffraction
energy to scatterer locations is important. Geometric and
velocity effects are caused by complicated geologic struc-
tures. Familiar examples are “bowtie” signatures on
stacked records converted by migration into synclines,
and broad anticlinal structures converted bymigration into
narrower, steeper structures. Other examples include
complicated water bottoms, complicated salt geometry,
thrusted structures, heavily faulted areas, and gas-charged
sediments. In these, reflector geometries or lateral velocity
variations cause wavefield distortions that must be
corrected before the image can be interpreted.

Velocity estimation
Poststack migration is performed using a velocity field
that is specified beforehand. The velocity can be derived
from NMO velocity analysis or from an assumed geologic
model. It is difficult to analyze a poststack migrated image
for velocity errors. By contrast, we can analyze prestack
migration for velocity errors. To do this, one performs
prestack migration separately on all the input records, with
individual images that overlap considerably. In the overlap
areas, the different images can be checked for consistency
by sorting the migrated traces into common-image-point
gathers (CIGs), which are the migration analog of NMO-
corrected unmigrated CMP gathers. Within a CIG, each
trace refers to a single surface location, imaged from
a different input record. As an example, Figure 3 shows
six CIG’s from a land survey, referring to images below
six different locations on the earth’s surface. Each CIG
displays migrated traces from different source-receiver
offsets. If all the individual migrations have imaged one
particular event at the same depth, the images are
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consistent at that location. That is the case in this example:
except at the greatest depths, most of the events on each
CIG appear flat. If the different migrations image
a particular event at different depths, the images will be
inconsistent, and the event will not appear flat on a CIG.
In order to make the images consistent for such an event,
the migration velocity will need to be adjusted in the over-
burden above the event location.

For prestack depth migration, the velocity estimation
problem is to build an interval velocity field that makes
the migrated events appear flat on all the CIGs. This is usu-
ally posed as an algebraic inverse problem, called seismic
tomography, involving the interval velocity field, the reflec-
tor locations, and the raypaths from the reflectors to the
source and receiver locations. This problem is solved itera-
tively for velocitymodel refinements. In order to avoid con-
verging to an unrealistic model, tomography usually needs
to be constrained, using partial knowledge of the seismic
velocities and reflecting horizon locations. This biases the
solution, and it can result in incomplete event flattening
on the CIGs. Tomography is widely used, but it usually pro-
duces velocity models with limited spatial resolution

Increasingly, seismic velocities are recognized as aniso-
tropic: at each location, seismic velocity varies with direc-
tion. Including anisotropy makes velocity estimation more
difficult, but anisotropy is usually needed to produce accu-
rate images. The most common assumption for anisotropy
is transverse isotropy, often with a tilted axis of symmetry
(TTI).

Currently, almost all migrations are performed before
stack, and migration is used to estimate velocity (imaging
velocity for time migration, interval velocity for depth
migration).

Migrated amplitude analysis for rock property
determination
In the 1980s, researchers observed that careful handling of
amplitude terms within migration algorithms produced
migrated amplitudes that are proportional to reflection
coefficient values at rock boundaries. This observation is
the basis of true-amplitude migration (Bleistein, 1987).
Migrated amplitudes are now often analyzed in terms of
angle-dependent reflection coefficients at rock bound-
aries. The reflection coefficients can be used to estimate
the types of rock above and below each interface, and
whether the rocks can bear hydrocarbons. This endeavor
has had some success in areas of moderate velocity and
structural complexity, but less success below areas of high
complexity, such as below salt.

Imaging conditions
Isochron imaging
Pencil-and-paper migrations were performed by swinging
reflection events to their migrated locations, which are the
envelopes of all possible swing locations. Kirchhoff
migration can be performed the same way, with the wave
equation canceling the energy away from the envelopes
and leaving only images of reflectors. The time of
a sample on an input trace is the sum of time from the
source to a reflector plus time from the reflector to the
receiver; Kirchhoff migration acts by placing the sample
at all subsurface locations (isochrons) that share the same
two-way travel time.

Isochron imaging, useful in describing Kirchhoff
migration, is plausible and correct, but it is not
a wavefield concept, and cannot be applied to all migra-
tions based on the wave equation. These require more gen-
eral treatment, which is different for poststack and
prestack migration.

Poststack migration – exploding reflector model
The CMP stack simulates a zero-offset record, where
energy has been excited and recorded at the same location.
It can also be considered as a single wavefield from a far-
fetched experiment. Suppose all the reflectors and
diffractors inside the earth exploded at the same instant
(time zero), sending energy in all directions; some of the
energy would emerge at the earth’s surface at later times
to be recorded at the receiver locations. Suppose also that
the propagation velocity of the wavefield from the explod-
ing reflectors is exactly one-half the actual propagation
velocity inside the earth. Then the recording time for an
event from an exploding reflector is the same as the two-
way zero-offset reflection time, with the actual velocity,
from the same reflector. This thought experiment
(Loewenthal et al., 1976) provides the basis for
a poststack migration imaging principle, breaking migra-
tion into two parts: downward continuation and imaging.
The first part expresses the wavefield at one depth in terms
of the wavefield at a shallower depth. As the wavefield
moves down, time decreases towards zero (the time of
the explosion). The second part picks off the downward-
continued wavefield at each location when the time
reaches zero. The result of the process is a snapshot of
the reflectors in the act of explosion.

Reflected wavefield amplitude normalized by source
wavefield amplitude
For prestack migration, downward continuation is useful,
but exploding reflectors and zero-time imaging are not. As
in poststack migration, the wavefield from the many
receiver locations is downward continued into the earth
and backwards in time. Likewise, the wavefield from the
source location is downward continued, but forward in
time so that it can interact with the receiver wavefield at
actual reflection times. If the two downward-continued
wavefields intersect at a location at a particular time, the
process has captured the instant of reflection at that point.
At that location and time, the receiver wavefield amplitude
equals the source wavefield amplitude times the value of
the reflection coefficient at the location (possibly zero, if
the location is not on an actual reflector). That is, the
migrated image at that location is the receiver wavefield
divided by the source wavefield.
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Deconvolution and cross correlation imaging
conditions
Some migration techniques are applied in the time
domain, others in the frequency (o) domain. For fre-
quency-domain methods, a precise statement of the
prestack migration imaging principle is that reflectors
exist inside the earth where downward continued source
and receiver wavefields are in phase, and the reflection
strength is the ratio of the two wavefields. For a single fre-
quency, there is complete uncertainty about the location of
a reflector; only by adding the results from many frequen-
cies can reflector positions be precisely determined. Thus,
the prestack-migration imaging principle can be written as

RðxÞ ¼
Z

Uðx;oÞ
Dðx;oÞ do; (1)

where R(x) is reflection strength at location x, U is the
downward-continued receiver wavefield, and D is the
downward-continued source wavefield. The quotient can
cause stability problems when the source wavefield D
becomes weak. To overcome instability, note that if both
numerator and denominator are multiplied by the complex
conjugate of D, denoted D*, the phase of the denominator
will disappear (the denominator becomes a positive real
number). Instability, caused by the nearly vanishing
denominator DD*, can be eliminated by replacing the
denominator with a constant value, leaving the modified
imaging condition

RðxÞ ¼
Z

Uðx;oÞD � ðx;oÞdo: (2)

Equations 1 and 2 migrate events to the same locations,
but migrated amplitudes obtained using Equation 2 are
different from those obtained using Equation 1. Imaging
conditions (1) (deconvolution) and (2) (crosscorrelation)
were introduced by Claerbout (1971).

Migration techniques
Integral (Kirchhoff) migration
Kirchhoff migration is the digital embodiment of the earli-
est migration heuristics, and it has a basis in the downward
continuation of wavefields: the wavefield at depth is an
integral of the recorded wavefield (Schneider, 1978).
The mathematical physics of this operation requires
amplitude and phase manipulations of the recorded
wavefield, yielding various expressions for poststack and
prestack migration with different recording configura-
tions. For example, shot-record Kirchhoff migration is
expressed as

Iðx;xsÞ¼
Z

dxr

Z
dtW

@Uðxr;xs; tÞ
@t

d½t�ðtsþ trÞ�;
(3)

where I(x, xs) is the migrated image at location x due to
a source at xs, xr are the receiver locations, W is a weight
function, U is the recorded wavefield, d is the Dirac delta
function, and ts and tr are travel times from xs and xr to x.
The integral accumulates data samples from the receiver
locations into the image at x. Alternatively, Equation 3
allows an input sample at time ts + tr from receiver location
xr to be smeared out into the isochron surface.

Kirchhoff migration is flexible, allowing the accumula-
tion of trace values from any subvolume of the recorded
traces into any subvolume of the image. This has made
Kirchhoff migration very popular. However, complicated
velocity models used in many depth migration projects
have shown its accuracy limits, which are due mostly to
a reliance on asymptotic ray theory to provide travel times
and amplitudes.

Beam migration
In its simplest form, beam migration is a Kirchhoff migra-
tion with the integral over the recording surface broken
into two stages: first, the domain of integration is divided
into a number of overlapping regions; second,
a directional decomposition of the data within each region
is performed. This decomposition produces a set of local
plane waves, over a range of angles, emerging within each
region. Each of these local-plane wave data components is
mapped back into the earth using raypaths sent in the
directions of the emerging plane waves. A more complete
description (Hill, 2001) uses Green’s identity to down-
ward continue the wavefields, with Gaussian beams as
Green’s functions. Gray et al. (2009) provide an elemen-
tary physical explanation of this complicated method,
which is generally more accurate than Kirchhoff migration
because it naturally allows several arrivals from each
wavefield to accumulate at any image location (which is
difficult for Kirchhoff migration). It has many of the flex-
ibilities of Kirchhoff migration, but, like Kirchhoff migra-
tion, relies on asymptotic ray theory.

One-way wave-equation migration (OWEM)
Strictly speaking, applying the term “wave-equation
migration” solely to migration methods that downward-
continue wavefields recursively one depth step at a time
is an abuse of terminology. This usage excludes Kirchhoff
and beam migrations, implying that they do not derive
from the wave equation, which is not true. This usage
has become entrenched.

Downward continuing a wavefield from one depth to
the next requires that the wavefield is propagating either
up or down, but not both at once. (The wavefield can prop-
agate laterally, but up or down is a distinguished direc-
tion.) Further, it requires an appropriate (upgoing or
downgoing) wave equation. In the simple constant-
velocity case, the one-way solution can be obtained easily.
The two-way wave equation for wavefield P (acoustic,
ignoring elastic effects such as mode conversion) is

@2

@x2
þ @2

@y2
þ @2

@z2
� 1
v2

@2

@t2

� �
P ¼ 0: (4)
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When this equation is expressed in the frequency/hori-

zontal wave number domain, it factors into separate equa-
tions for upgoing and downgoing wavefields. Analytical
solutions of these equations provide phase shifts that per-
form downward continuation. Once the downward-
continued wavefields have been inverse Fourier
transformed from wave number back to space, they can
be combined and summed over frequency using
Equation 1 or 2 to produce the migrated image (Gazdag,
1978). This method, phase-shift migration, can accurately
image dips up to 90�. Its only limitation is the lateral
invariance of the velocity field. It has proven successful
in imaging salt flanks in marine sedimentary basins.
Beneath the salt flanks, where significant velocity contrast
has occurred, the phase-shift image is inaccurate.

Factoring the wave equation exactly into one-way
equations works only for constant velocity. When velocity
varies laterally, the factoring, again with z as
a distinguished direction, is approximate, incurring kine-
matic (time) and dynamic (amplitude) errors. A number
of methods downward continue wavefields using approx-
imate one-way wave equations. The earliest of these used
finite differences to discretize the equations, using low-
angle approximations (e.g., Claerbout, 1970). Later
methods generalized phase-shift migration to handle lat-
eral velocity variations, and other methods combine
aspects of finite-difference and phase-shift approaches.
Development of these methods continues today. Because
of the errors inherent in even the best one-way wave equa-
tions, none of the methods can be completely accurate.

Two-way wave-equation migration (reverse-time
migration)
Reverse-time migration (RTM) uses the full two-way
wave equation 4. It does not operate by downward contin-
uation of downgoing or upgoing wavefields. Instead, it
takes the source and receiver wavefields at the recording
surface and injects them into the earth by treating them
as boundary values for the wave equation (McMechan,
1983), computing full wavefields inside the earth at each
time step. The source wavefield is computed forwards in
time, so successive wavefield snapshots show an
ismic, Migration, Figure 4 Prestack depth migrated images from
ping thrust sheet is ignored by the migration, leading to inaccu
ounted for the anisotropy, leading to correct structural imaging
expanding wavefront moving into the earth and
interacting with reflectors and diffractors. The receiver
wavefield is computed backwards in time (beginning with
the final time sample on each trace of the recorded data),
so successive snapshots show reflection events moving
generally downward. Imaging is performed using
a temporal version of the imaging condition (1) or (2). In
principle, RTM is the most accurate migration method: it
does not rely on asymptotic ray theory, and it suffers from
neither the steep-dip nor the kinematic and dynamic errors
of OWEM. Until recently, its use has been limited because
it tends to be slower than other migration methods, and
numerical approximations to the wave equation (e.g.,
low-order finite-difference approximations) produced
errors (e.g., numerical dispersion) that other methods do
not incur. However, modern computational hardware has
both the speed and the memory availability to allow very
good approximations to the wave equation, and
high-quality RTM images are now the norm.

Migration examples
There are many reasons to migrate seismic data; we will
need to be content with a few illustrations.

The first illustrates structural imaging in the presence of
anisotropy. Figure 4 shows two images of a cross section
designed to mimic the structural geology of a dipping
thrust sheet, simplified to isolate the effect of anisotropy
on image positioning and quality. The velocity is generally
simple, with a constant velocity of 2,740 m/s outside the
thrust sheet. The velocity complication lies in the thrust
sheet, which is anisotropic (TTI), with a symmetry axis
parallel to the boundaries of the sheet. In the thrust sheet,
the velocity is 2,925 m/s in the direction of the symmetry
axis, and higher in all other directions. Both images in
Figure 4 are from prestack beam migration of the same
input data set, which was generated by finite-difference
elastic modeling (courtesy BP). In Figure 4a, anisotropy
was ignored, and in Figure 4b, anisotropy was taken into
account. The reflector below the dipping thrust sheet
should be flat, as it is in Figure 4b. In Figure 4a, the flat
reflector is pulled up beneath the thrust sheet, and is poorly
imaged. The high-amplitude flat event cutting across the
a synthetic thrust model data set. In (a), the anisotropy in the
rate imaging below the thrust sheet. In (b), the migration has
.
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entire section at shallow depths is a shear-wave artifact that
has been mis-migrated by the P-wave migration program.

The second example illustrates the action of various
migration methods: Kirchhoff, beam, OWEM, and RTM.
Figure 5 shows four images overlaid on a geologic cross
section, each obtained by migrating a single event on
a single zero-offset trace through the complicated geol-
ogy/velocity model shown (called Sigsbee2a). A high-
velocity salt body of complex shape has been inserted into
a set of lower-velocity sedimentary layers, and we note the
effect of the geometry and velocity on the migration algo-
rithms. The migrated images are, in effect, wavefronts
modeled by the migration methods; full migrated images
are formed by adding together such partial images from
all samples on all traces. The Kirchhoff migrated image
(Figure 5a) shows the effect of the assumption, made by
most Kirchhoff migration programs, that at most one
travel path for seismic energy connects a given upper-
surface location with each subsurface location. The
wavefield discontinuities in the subsalt area are physically
impossible, and will cause inaccurate, noisy images in
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Seismic, Migration, Figure 5 The action of migration, illustrated o
(c) one-way wave-equation; (d) reverse-time. In each, a single eve
methods have interacted differently with the velocity model, prod
areas of structural complexity. The remaining images
show wavefields of greater continuity and complexity in
the subsalt area. The most complicated wavefield, pro-
duced by RTM, should produce the most accurate image.
This happens in practice when the velocity field is accu-
rate and the input traces are free from unwanted noise such
as elastic-wave mode-converted events.

The evolving role of migration in seismic data
processing
Before seismic processing became digital, migration was
a standalone process. Pencil-and-paper or mechanical
migration provided a cross section that showed where to
drill. Later, poststack migration was the final seismic
processing step; all other processing was intended to pre-
pare a stacked data set for migration. With prestack migra-
tion, migration has moved to a central location in the
processing flow. In tomography, it is common to process
the signals on a migrated stack or in a set of CIG’s. In
postmigration amplitude analysis, it is common to analyze
and alter the migrated waveforms. In the future, when the
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wave equation used for migration can model earth effects
more completely than at present, seismic data will undergo
less processing before migration, and the migrated data
will predict rock properties directly.

Summary
Seismic migration has been used in prospecting for oil and
natural gas since the 1920s. Since the 1970s, migration has
been applied as a wave-equation process, explicitly recog-
nizing that reflections recorded at the earth’s surface are
the result of wavefields propagating and reflecting inside
the earth. Wavefield migration has taken several forms
(time-domain, frequency-domain; finite-difference, inte-
gral) because of the variety of ways for expressing the
propagation of wavefields. All these different forms of
migration are still in use because each of them has features
that the others lack: flexibility, steep-dip capability, etc.
When computer power was limited, migration was usually
performed after NMO/stack, allowing a reduction of the
size of the data volume input to migration. Nowadays
most migrations are performed before stack in 3-D.
Another shift has been from time to depth, bringing migra-
tion closer to the problem of estimating seismic velocities
inside the earth. A separate development has been the
capability of migration to preserve amplitudes for estimat-
ing rock properties near reflector locations. With migra-
tion velocity estimation and amplitude analysis,
migration has moved from the final step of the seismic
processing flow to a more central role. This means that
an increasing amount of processing and analysis is
performed on migrated gathers before they are stacked to
form the final structural image.
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Synonyms
Asymptotic ray theory; Ray series method; Seismic ray
method

Definition
Seismic ray theory. High-frequency asymptotic method of
study of seismic wavefields in complex inhomogeneous
isotropic or anisotropic media with curved structural
interfaces.

Introduction
The ray theory belongs to the methods most frequently
used in seismology and seismic exploration for forward
and inverse modeling of high-frequency seismic body
waves. In smoothly varying media with smooth interfaces,
it can provide useful approximate solutions of the
elastodynamic equation of satisfactory accuracy. Starting
from an intuitive description of the propagation of seismic
waves along special trajectories - rays, it has developed
into a highly sophisticated method, described briefly in
this review paper.

The ray method has its advantages and disadvantages.
The basic advantages are its applicability to complex,
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isotropic and anisotropic, laterally varying layered media
and its numerical efficiency in such computations. It pro-
vides a physical insight into the wave propagation process
by separating the wavefield into individual elementary
waves and by allowing their identification. In addition, it
makes possible to track the paths in the medium along
which energy of individual waves propagates, an aspect
very important in tomography. The ray method also repre-
sents an important basis for other related, more sophisti-
cated methods, such as the paraxial ray method, the
Gaussian beam summation method, the Maslov method,
the asymptotic diffraction theory, etc. The ray method also
has some limitations. As mentioned above, it is approxi-
mate. It is applicable only to smooth media with smooth
interfaces, in which the characteristic dimensions of inho-
mogeneities are considerably larger than the prevailing
wavelength of the considered waves. The ray method
can yield distorted results and may even fail in some spe-
cial regions called singular regions.

The seismic ray method owes a lot to optics and
radiophysics. Although the techniques used in different
branches of physics are very similar, there are some sub-
stantial differences. The ray method in seismology is usu-
ally applied to more complicated structures than in optics
or radiophysics. There are also different numbers and
types of waves considered in different branches of
physics.

The first seismological applications of ray concepts
date back to the end of the 19th century. Then, only kine-
matics, specifically travel times, were used. Probably the
first attempts to use also dynamics (amplitudes and wave-
forms) were made by Sir H. Jeffreys. The ray series solu-
tions of elastodynamic equation with variable
coefficients were first suggested by Babich (1956) and
Karal and Keller (1959) for inhomogeneous isotropic
media, and by Babich (1961) for inhomogeneous aniso-
tropic media.

The Earth’s interior is anisotropic or weakly aniso-
tropic in some of its parts. Seismic anisotropy and its
effects on wave propagation play an important role in
contemporary seismology and seismic exploration. Con-
sequently, it has also been necessary to develop the ray
theory for elastic anisotropic media. It is important to
emphasize that, for S waves, the ray theory for aniso-
tropic media does not yield the ray theory for isotropic
media in the zero anisotropy limit. For this reason, we
describe systematically the ray theory for anisotropic
media and also present corresponding formulae for iso-
tropic media, and explain the differences between both
of them.

S waves require generally a special attention. Well
understood phenomenon is propagation of two separate
shear waves in anisotropic media. Less understood and
an underestimated phenomenon is shear-wave coupling,
which occurs in weakly anisotropic media or in vicinities
of shear-wave singularities. In such regions, standard ray
theories for anisotropic as well as isotropic media do not
work properly. Therefore, we also briefly describe the
coupling ray theory for S waves, which fills the gap
between ray theories for isotropic and anisotropic media.

We give here neither a detailed derivation of ray-
theoretical expressions nor a relevant systematic bibliog-
raphy. This would extend the text considerably. We refer,
however, to several textbooks, in which the ray theory is
treated in a considerably greater detail (Červený et al.,
1977; Kravtsov and Orlov, 1990; Červený, 2001;
Chapman, 2004). The reader may also find useful infor-
mation in several review papers devoted to seismic ray
theory and its various aspects (Červený et al., 1988;
Virieux, 1996; Chapman, 2002; Červený et al., 2007).
Examples of computations based on the ray theory can
be found, for example, in Červený et al. (1977) and
Gjøystdal et al. (2002). Here we refer only to papers, in
which the relevant methods and procedures were first pro-
posed, and/or which give a useful more recent treatment of
the subject.

We use the following notation. We denote Cartesian
coordinates xi and time t. The dots above letters denote
partial derivatives with respect to time ( €ui ¼ @2ui=@t2Þ
and the index following the comma in the subscript indi-
cates the partial derivative with respect to the relevant
Cartesian coordinate ðui;j ¼ @ui=@xjÞ. We consider high-
frequency time-harmonic seismic body waves, with the
exponential factor expð�iotÞ, where o is fixed, positive,
real-valued circular frequency. The lower-case Roman
indices take the values 1, 2, 3, the upper-case indices
1, 2. Hats over bold symbols indicate 3� 3 matrices, bold
symbols without hats denote 2� 2 matrices. The Einstein
summation convention over repeating Roman indices is
used, with exception of indices in parentheses.
Basic equations of the seismic ray method
For smoothly varying elastic media, the source-free equa-
tion of motion reads

tij;j � r €ui ¼ 0: (1)

Here t ðx ; tÞ, and u ðx ; tÞ are Cartesian components
ij n i n
of stress tensor and displacement vector, respectively,
and r is the density. In anisotropic media, the stress tensor
tij and the infinitesimal strain tensor eij ¼ 1

2ðui;j þ uj;iÞ are
related by Hooke’s law:

tij ¼ cijklekl ¼ cijkluk;l: (2)

cijklðxnÞ is a tensor of elastic moduli (stiffness tensor), sat-
isfying symmetry relations cijkl ¼ cjikl ¼ cijlk ¼ cklij.
There are, at the most, 21 independent elastic moduli.
Inserting Equation 2 into Equation 1, we get the
elastodynamic equation

ðcijkluk;lÞ; j � r €ui ¼ 0: (3)

In the seismic raymethod, high-frequency seismic body

waves propagating in smoothly varying, isotropic or aniso-
tropic, media are studied. The formal ray series solution of
the elastodynamic equation (3) for the displacement vector
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uðxn; tÞ is sought in the form of an asymptotic series in
inverse powers of circular frequency o,

uðxn; tÞ ¼ exp½�ioðt � TðxnÞÞ�

Uð0ÞðxnÞ þ Uð1ÞðxnÞ
ð�ioÞ þ Uð2ÞðxnÞ

ð�ioÞ2 þ :::

" #
:

(4)

Here Tðx Þ is the real-valued travel time, UðkÞ,
n
k ¼ 0; 1; 2; ::: are complex-valued vectorial amplitude
coefficients. Surfaces TðxiÞ ¼ const: are calledwavefronts
(or phase fronts). In perfectly elastic media, functions
TðxnÞ, and UðkÞðxnÞ are frequency independent.

Also other forms of the ray series have been used in the
seismic ray method. For example, Chapman (2004) devel-
oped the seismic ray method using the ray series for parti-
cle velocity and traction. Such a formal ray series has
certain advantages with respect to Equation 4. Here, how-
ever, we consider systematically the traditional ray series
(4) for the displacement vector.

Inserting Equation 4 into elastodynamic equation (3),
we obtain a series in inverse powers of o, which equals
zero. Consequently, the coefficients of the individual
powers of o must also equal zero. This yields a system
of equations called the basic recurrence system of
equations of the ray method. This system can be used to
determine the eikonal equations for travel times TðxnÞ
and, successively the equations for the amplitude coeffi-
cients Uð0ÞðxnÞ, Uð1ÞðxnÞ, Uð2ÞðxnÞ,.... The equations for
UðkÞðxnÞ yield, among others, transport equations. For
a detailed derivation of the basic system of equations of
the ray method see Červený (2001, sect. 5.7).

The vectorial amplitude coefficients UðkÞðxnÞ,
k ¼ 1; 2; :::, can be expressed as a sum of the principal
component and additional component. The principal
component of UðkÞðxnÞ is the projection of UðkÞðxnÞ into
the unit vector parallel to the zero-order amplitude coeffi-
cient Uð0ÞðxnÞ, the additional component of UðkÞðxnÞ is the
remaining part ofUðkÞðxnÞ. In this way, the additional com-
ponent of the zero-order amplitude coefficient Uð0ÞðxnÞ is
zero. The complexity of the equations for higher-order
amplitude coefficients UðkÞ increases rapidly with
increasing k. Moreover, the higher-order amplitude coeffi-
cients are inaccurate and unstable, as they are very sensitive
to fine details of the medium. The instability of the ampli-
tude coefficients increases with increasing k. For these rea-
sons, only the zero-order coefficient Uð0ÞðxnÞ, at the most
with the additional component of Uð1ÞðxnÞ, has been used
in seismological applications. In the following, we shall
concentrate on the zero-order ray approximation only.

The zero-order approximation of the ray method reads:

uðxn; tÞ ¼ UðxnÞexp½�ioðt � TðxnÞÞ�: (5)

In Equation 5, we have dropped the superscript ð0Þ of

UðxnÞ. We callUðxnÞ the complex-valued vectorial ampli-
tude. In smooth, laterally varying media, containing
smooth structural interfaces, the zero-order approximation
(5) of the ray method usually offers sufficiently accurate
results, particularly for travel time TðxnÞ. Its great advan-
tage is that it allows one to work with frequency-
independent travel time and amplitude. However, if the
medium under consideration becomes more and more
complex (less smooth), vectorial amplitude UðxnÞ
becomes less accurate. In structures exceeding a certain
degree of complexity, the ray methodmay yield inaccurate
results or even fail.

The first equation of the basic system of equations of
the ray method reads:

ðGik � dikÞUk ¼ 0; i ¼ 1; 2; 3: (6)

Here G is the 3� 3 generalized Christoffel matrix with

elements given by the relation:

Gik ¼ aijklpjpl: (7)

In Equation 7, p are the Cartesian components of the
i
slowness vector p,

pi ¼ @T=@xi (8)

and aijkl ¼ cijkl=r are density-normalized elastic moduli.
Note that the classical Christoffel matrix, with elements
aijklnjnl, contains components of the real-valued unit vec-
tor n (perpendicular to the wavefront) instead of p. For this
reason, we call Gthe “generalized” Christoffel matrix. The
relation between pi and ni is pi ¼ ni=C, where C is the
phase velocity.

The generalized 3� 3 Christoffel matrix in solid media
is symmetric ðGik ¼ GkiÞ, positive definite (Gikaiak > 0,
where ai are components of any non-vanishing real-
valued vector) and homogeneous function of the second
degree in pi ðGikðxn; apjÞ ¼ a2Gikðxn; pjÞ for any
non-vanishing constant a). It has three real-valued positive
eigenvalues Gmðxn; pjÞ, and three corresponding real-
valued unit eigenvectors gðmÞðxn; pjÞ, m ¼ 1; 2; 3. Gm and
gðmÞ are solutions of the eigenvalue equation

ðGik � dikGmÞgðmÞk ¼ 0; i ¼ 1; 2; 3: (9)

Eigenvectors gð1Þ; gð2Þ; gð3Þ are mutually perpendicular.

EigenvalueGm and the relevant eigenvector gðmÞ are mutu-
ally related as follows:

Gm ¼ Gikg
ðmÞ
i gðmÞk ¼ aijklpjplg

ðmÞ
i gðmÞk : (10)

For isotropic media, it is sufficient to specify elastic

moduli cijklðxnÞ in terms of Lamé’s elastic moduli lðxnÞ
and mðxnÞ, describing isotropic media, as follows:

cijkl ¼ ldijdkl þ mðdikdjl þ dildjkÞ: (11)

Elements of the generalized Christoffel matrix are then

given by the relation:

Gik ¼ lþ m
r

pipk þ m
r
dikpnpn: (12)
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In isotropic media, the expressions for eigenvalues and

eigenvectors of the generalized Christoffel matrix can be
determined analytically:

G1 ¼ G2 ¼ b2pkpk ; G3 ¼ a2pkpk : (13)

Here
a2 ¼ ðlþ 2mÞ=r; b2 ¼ m=r: (14)

The eigenvector relevant to the eigenvalueG equals n,
3
the unit vector perpendicular to the wavefront. The eigen-
vectors relevant to coinciding eigenvalues G1 and G2 are
mutually perpendicular unit vectors situated arbitrarily in
the plane perpendicular to n.

Eikonal equation. Polarization vector
The comparison of the basic equation of the ray method
(6) with the eigenvalue equation (9) for the 3� 3 general-
ized Christoffel matrix shows that Equation 6 is satisfied,
if the eigenvalue Gm of the generalized Christoffel matrix
satisfies the relation

Gmðxi; pjÞ ¼ 1; (15)

and if the complex-valued vectorial amplitude U of the
wave under consideration is related to eigenvector gðmÞ
as follows:

U ¼ AgðmÞ: (16)

Equation 15 is the important eikonal equation. It is

a nonlinear, first-order partial differential equation for
travel time TðxnÞ. Equation 16 shows that displacement
vector U is parallel to the appropriate eigenvector gðmÞ.
For this reason, we call gðmÞ the polarization vector. Sym-
bol AðxnÞ denotes the complex-valued, frequency-inde-
pendent, scalar amplitude.

Taking into account that Gm is a homogeneous function
of the second degree in pi, where p ¼ C�1n, we obtain
Gmðxi; pjÞ ¼ C�2Gmðxi; njÞ. This, Equations 15 and 10 yield

C2ðxi; njÞ ¼ Gmðxi; njÞ ¼ aijklnjnlg
ðmÞ
i gðmÞk : (17)

Phase velocity C is the velocity of the wavefront in

direction n. The phase-velocity vector C ¼ Cðxi; njÞn has
the direction of n, i.e., it is perpendicular to the wavefront.
It follows from Equation 17 that the squares of phase
velocity C are eigenvalues Gmðxi; njÞ of the classical
Christoffel matrix with elements aijklnjnl.

Generally, eigenvalues Gm, m ¼ 1; 2; 3, of the general-
ized Christoffel matrix are mutually different. They corre-
spond to three high-frequency body waves propagating in
inhomogeneous anisotropic media. We assign G1 and G2
to S1 and S2 waves and G3 to P wave. If the eigenvalues
are different, their polarization vectors can be determined
uniquely.

If two eigenvalues coincide, we speak of the degener-
ate case of the eigenvalue problem. The corresponding
eigenvectors can then be chosen as mutually perpendicu-
lar vectors situated arbitrarily in the plane perpendicular
to the third eigenvector. Eigenvalues Gm may coincide
locally, along certain lines or at certain points, which cor-
respond to the so-called S-wave singular directions, or
may be close to one another globally in a vicinity of singu-
lar directions or in weakly anisotropic media. The approx-
imate but unique determination of polarization vectors in
the latter situations is possible using perturbation
approach (Jech and Pšenčík, 1989).

In isotropic media, the S-wave eigenvalues G1 and G2
coincide globally, see Equation 13. Consequently, in iso-
tropic media, the S waves are controlled by a single
eikonal equation and we have thus only two different
eikonal equations corresponding to P and S waves. As
the equations for the eigenvalues in isotropic media can
be determined analytically, we can express the eikonal
equations for P and S waves explicitly:

a2pkpk ¼ 1 for P waves; (18)

b2p p ¼ 1 for S waves: (19)
k k

In isotropic media, the generally complex-valued

amplitude vector U can be expressed in the simple form
(16) only for P waves. In this case the polarization vector
gð3Þ ¼ n, i.e., it is perpendicular to the wavefront. For
S waves, U must be considered in the following form:

U ¼ Bgð1Þ þ Cgð2Þ: (20)

Here gð1Þ and gð2Þ are two mutually perpendicular

unit vectors in the plane tangent to the wavefront, i.e., per-
pendicular to the vector n. The computation of gð1Þ and
gð2Þ along the ray is explained later, see Equation 37. Sym-
bols BðxnÞ and CðxnÞ are the corresponding, generally
complex-valued scalar amplitudes.

In the seismic ray method, it is common to express the
eikonal equation (15) in Hamiltonian form. Hamiltonian
Hðxi; pjÞ may be introduced in various ways. We shall
consider the Hamiltonian, which is a homogeneous func-
tion of the second degree in pi. For inhomogeneous aniso-
tropic media, we can introduce the Hamiltonian expressed
in terms of Gmðxi; pjÞ, see Equation 10:

Hðxi; pjÞ ¼ 1
2
Gmðxi; pjÞ ¼ 1

2
aijklpjplg

ðmÞ
i gðmÞk : (21)

The eikonal equation (15) then yields:

Hðxi; pjÞ ¼ 1
2
: (22)

It holds for anisotropic as well as isotropic media.
From Equations 13 and 21, we get for isotropic inho-

mogeneous media:

Hðxi; pjÞ ¼ 1
2
V 2ðxiÞpkpk ; (23)

where V ¼ a for P waves and V ¼ b for S waves.
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Ray tracing and travel-time computation
The eikonal equation in Hamiltonian form (22), with
pj ¼ @T=@xj, is a non-linear partial differential equation
of the first order for travel time TðxiÞ. It can be solved
by the method of characteristics. The characteristics of
eikonal equation (22) are spatial trajectories, along which
Equation 22 is satisfied, and along which travel time T can
be computed by quadratures. The characteristics of the
eikonal equation represent rays.

The characteristics of the eikonal equation expressed in
general Hamiltonian form are described by a system of
non-linear, ordinary differential equations of the first order:

dxi
du

¼ @H
@pi

;
dpi
du

¼ � @H
@xi

;
dT
du

¼ pk
@H
@pk

: (24)

Here u is a real-valued parameter along the ray. The

relation between parameter u and the travel time along
the ray depends on the form of the Hamiltonian used,
see the last equation in Equations 24. For Hamiltonians,
which are homogeneous functions of the second
degree in pi, the Euler equation for homogeneous
functions yields pk@H =@pk ¼ 2H. If we consider
Hamiltonian (21), we get dT=du ¼ 1 from Equations 24.
For travel time T along the ray, denoted t ¼ T ,
Equations 24 simplify to:

dxi
dt

¼ @H
@pi

;
dpi
dt

¼ � @H
@xi

: (25)

This system of equations is usually called the ray trac-
P wave in an anisotropic mediumP wave in an isotropic medium

Ray

Wavefront

p

g

Ray

Wavefront

p||g||U U

Seismic, Ray Theory, Figure 1 Slowness vector p
(perpendicular to the wavefront), ray-velocity vector U (tangent
to the ray) and polarization vector g of a P wave propagating
in an isotropic (left) and anisotropic (right) medium. For
simplicity, the three vectors in the right-hand plot are shown in
one plane. In general, this is not the case in anisotropic media.
ing system. Solution of the ray tracing system (25) with
appropriate initial conditions yields xiðtÞ, the coordinates
of points along the ray trajectory, and piðtÞ, the Cartesian
components of the slowness vectors along the ray. The
travel time T along the ray is obtained automatically,
T ¼ t.

Inserting Equation 21 in Equations 25, we obtain the
ray tracing system form-th wave in inhomogeneous aniso-
tropic media:

dxi
dt

¼ aijklplg
ðmÞ
j gðmÞk ;

dpi
dt

¼ � 1

2

@ajkln
@xi

pkpng
ðmÞ
j gðmÞl :

(26)

In the derivation of the first set of Equations 26 for @H =@pi,
we took into account that Gik@ðgðmÞi gðmÞk Þ=@pn ¼ 0. An
alternative version of ray tracing equation (26) was derived
by Červený (1972), in which the eigenvectors gðmÞ are not
used.

The initial conditions for the ray tracing system (26) are
xi ¼ x0i, pi ¼ p0i, where x0i and p0i satisfy the eikonal
equation (22), corresponding to the wave we wish to com-
pute (P, S1 or S2). Components p0i of the initial slowness
vector p0 can be then expressed as p0i ¼ n0i=Cðx0iÞ, where
C is the relevant phase velocity. The eikonal equation (22)
is then satisfied along the whole ray.
In inhomogeneous isotropic media, the ray tracing sys-
tem (25) with Equation 23 yields

dxi
dt

¼ V 2pi;
dpi
dt

¼ � @lnV
@xi

: (27)

The initial conditions for the ray tracing system (27) are
again xi ¼ x0i, pi ¼ p0i, where p0i ¼ n0i=V ðx0iÞ. Here
V ¼ a for P waves, and V ¼ b for S waves.

As t is the travel time along the ray, dxi=dt represent the
Cartesian components U i of the ray-velocity vector U of
the m-th wave:

U i ¼ aijklplg
ðmÞ
j gðmÞk : (28)

In non-dissipative anisotropic media, the ray-velocity

vector U is also called the group-velocity vector or
the energy-velocity vector. As indicated by the name, the
energy velocity vector U represents the velocity of
the energy propagation.

In anisotropic media, the ray-velocity vectorU must be
strictly distinguished from the phase-velocity vector C. In
inhomogeneous anisotropic media, the ray-velocity and
phase-velocity vectors U and C are generally different,
both in size and direction. Vector U is always greater than
C. The two vectors are equal (in size and direction) only in
special directions, called longitudinal directions.

In inhomogeneous isotropic media, Equation 28 for the
ray-velocity vector yields U ¼ V 2p. For the phase-
velocity vector, using Equation 17, we get C ¼ V 2p. In
both cases, V ¼ a for P waves, and V ¼ b for S waves.
Thus, the ray-velocity and phase-velocity vectors are iden-
tical in isotropic media.

Figure 1 shows mutual orientation of ray-velocity vec-
tor U, phase-velocity vector C (parallel to slowness
vector p) and polarization vector g of a P wave propagat-
ing in an isotropic (left) and anisotropic (right) medium.
WhileU, C and g are parallel in isotropic media, they gen-
erally differ in anisotropic media. For S waves, the vectors
U and C have similar orientation as in the case of P waves.
The polarization vectors g are, however, perpendicular
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(isotropic medium) or nearly perpendicular (anisotropic
medium) to the ray.

Ray tracing systems (26) and (27) can be simply solved
if the initial values x0i and p0i are specified at some point S.
We then speak of initial-value ray tracing. The standard
numerical procedures of solving the system of ordinary
differential equations of the first order with specified
initial conditions can then be used (Runge-Kutta,
etc.). A very important role in seismology is played by
boundary-value ray tracing, in which we seek the ray, sat-
isfying some boundary conditions. The typical boundary-
value problem is two-point ray tracing, in which we seek
the ray connecting two specified points. Mostly, the con-
trolled initial-value ray tracing (controlled shooting
method) is used to solve this problem (Červený et al.,
2007). Boundary-value ray tracing is considerably more
complicated than initial-value ray tracing.

There are four important differences between initial-
value ray tracing in isotropic and anisotropic media. First:
In anisotropic media, we deal with three waves, P, S1 and
S2, in isotropic media with two waves, P and S, only. Sec-
ond: In inhomogeneous anisotropic media, ray tracing
system (26) is the same for all three waves. The wave
under consideration is specified by the initial conditions,
which must satisfy the eikonal equation of the considered
wave. In isotropic inhomogeneous media, the ray tracing
systems are different for P and S waves, see Equations 27
with V ¼ a and V ¼ b, respectively. Third: In isotropic
media, the initial direction of the slowness vector specifies
directly the initial direction of the ray (as the tangent to the
ray and the slowness vector have the same directions). In
anisotropic media, the direction of the ray is, generally,
different from the direction of the slowness vector. Never-
theless, we have to use p0i as the initial values for the ray
tracing system. The ray-velocity vector U can be simply
calculated from slowness vector p at any point of the
ray, including the initial point. Fourth: Ray tracing for
P and S waves is regular everywhere in inhomogeneous
isotropic media. In anisotropic media, problems arise with
tracing S-wave rays in vicinities of singular directions, or
if medium is nearly isotropic (quasi-isotropic).

The problem of ray tracing and travel-time computation
in inhomogeneous media has been broadly discussed in
the seismological literature; particularly for inhomoge-
neous isotropic media. Many ray tracing systems and
many suitable numerical procedures for performing ray
tracing have been proposed. For 1-D isotropic media (ver-
tically inhomogeneous, radially symmetric), the ray trac-
ing systems may be simplified so that they reduce to
simple quadratures, well known from classical seismolog-
ical textbooks (Aki and Richards, 1980). Standard pro-
grams for ray tracing and travel-time computations in
laterally varying isotropic and anisotropic structures are
available, see, for example, program packages SEIS
(2D isotropic models), CRT and ANRAY (3D isotropic/
anisotropic models) at http://sw3d.cz/. Programs for
anisotropic media have, however, problems with S-wave
computations in quasi-isotropic media and in the vicinities
of shear-wave singularities. In such cases, the standard ray
theory should be replaced by the coupling ray theory.
Numerical procedures based on the coupling ray theory
are, unfortunately, rare.

Ray tracing may also serve as a basis for the so-called
wavefront construction method (Gjøystdal et al., 2002). In
this case, for a selected wave, wavefronts with travel times
T ¼ T0 þ kDT are computed successively from the previ-
ous wavefronts with travel times T ¼ T0 þ ðk � 1ÞDT .
The wavefront construction method has found broad appli-
cations in seismic exploration.

Let us consider a two-parametric system of rays, call it
the ray field, and specify the individual rays in the ray field
by ray parameters g1; g2. Ray parameters g1; g2 may repre-
sent, e.g., the take-off angles at a point source, or the cur-
vilinear Gaussian coordinates of initial ray points along
the initial surface. The family of rays with ray parameters
within the limit ½g1; g1 þ dg1�, ½g2; g2 þ dg2�, is called the
elementary ray tube or briefly the ray tube. We further
introduce ray coordinates g1; g2; g3 in such a way that
g1; g2 are ray parameters, and g3 is somemonotonic param-
eter along a ray (arclength s, travel time t, etc.). Here we
consider g3 ¼ t, but our results may be simply modified
for any other monotonic parameter g3. We further intro-
duce the 3� 3 transformation matrix Q̂ from ray to Carte-
sian coordinates with elements Qij ¼ @xi=@gj. The
Jacobian of transformation from ray to Cartesian coordi-
nates, det Q̂, can be expressed as follows:

det Q̂ðtÞ ¼ ð@xðtÞ=@g1 � @xðtÞ=@g2ÞTUðtÞ: (29)

The vectorial product in Equation 29 has the direction

of the normal to the wavefront, specified by n ¼ C p. As
pðtÞ 	 UðtÞ ¼ 1, see Equations 28, 10, and 15, we also
obtain

det Q̂ðtÞ ¼ CðtÞjð@xðtÞ=@g1 � @xðtÞ=@g2Þj: (30)

Thus Jacobian det Q̂ðtÞ equals  CðtÞdOðtÞ, where

dOðtÞ ¼ jð@xðtÞ=@g1 � @xðtÞ=@g2Þj is the scalar surface
element cut out of the wavefront by the ray tube. It mea-
sures the expansion or contraction of the ray tube, see
Figure 2. For this reason, the 3� 3 matrix Q̂ðtÞ is also
often called the geometrical spreading matrix and various
quantities related to det Q̂ðtÞ are called geometrical
spreading. It plays an important role in the computation
of the ray-theory amplitudes.
Transport equation. Computation of ray-theory
amplitudes
The second equation of the basic system of equations of
the ray method yields the transport equation for the scalar
ray-theory amplitude AðxiÞ. The transport equation is
a partial differential equation of the first order. It can be
expressed in several forms. One of them, valid both for
isotropic and anisotropic media, reads

H 	 ðrA2UÞ ¼ 0: (31)
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Seismic, Ray Theory, Figure 2 Elementary ray tube. dO0 and dO
are scalar surface elements cut out of the wavefront by the
ray tube. This means that in isotropic media, the normals to dO0
and dO are parallel to rays. In anisotropic media, they are not.
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It is common to solve the transport equation along the

ray. H 	 U can then be expressed as follows:

H 	 U ¼ d½lnðdet Q̂Þ�=dt (32)

(Červený, 2001, Equation 3.10.24). Inserting Equation 32
into Equation 31 yields the transport equation in the form
of the first-order ordinary differential equation along the
ray:

d rðtÞA2ðtÞdet Q̂ðtÞ� �
=dt ¼ 0: (33)

This yields a simple form of the continuation relation

for AðtÞ along the ray:

AðtÞ ¼ rðt0Þdet Q̂ðt0Þ
rðtÞdet Q̂ðtÞ

" #1=2
Aðt0Þ: (34)

We obtain another suitable continuation relation for

amplitudes along the ray by introducing a special local
Cartesian coordinate system y1; y2; y3, varying along the
ray. We call it the wavefront orthonormal coordinate sys-
tem. At any point of the ray specified by g3 ¼ t, the y3 axis
is parallel to slowness vector p, and the y1; y2 axes are con-
fined to the plane tangential to the wavefront at g3 ¼ t.
Axes y1 and y2 are mutually perpendicular. If we denote
the 3� 3 transformation matrix from ray coordinates to

wavefront orthonormal coordinates by Q̂
ð yÞ

, then

det Q̂ðtÞ ¼ det Q̂
ð yÞðtÞ ¼ CðtÞdet Qð yÞðtÞ: (35)

Here CðtÞ is the phase velocity, and QðyÞðtÞ is the 2� 2
upper-left submatrix of Q̂
ðyÞ ðtÞ. Using Equation 35

in Equation 34, we obtain the continuation relation in an
alternative form:

AðtÞ ¼ rðt0ÞCðt0Þdet Qð yÞðt0Þ
rðtÞCðtÞdet Qð yÞðtÞ

" #1=2
Aðt0Þ: (36)
An important property of continuation relation (36) is

that det Qð yÞðtÞ is uniquely determined by coordinates
y1 and y2, confined to the plane tangential to the wavefront
at t. Thus, Equation 36 remains valid for any coordinate
systems qi (even nonorthogonal), in which mutually
perpendicular coordinate axes q1 and q2 are confined to
the plane tangential to the wavefront, but the axis q3 is
taken in a different way than y3, for example along
the ray. This is, e.g., the case of the well-known
ray-centered coordinate system q1; q2; q3. We have
det QðqÞðtÞ ¼ det Qð yÞðtÞ.

Transport equations for P and S waves in isotropic
media may be also expressed in the form of Equation 31.
The expression is straightforward for P waves. For
S waves, transport equations for scalar amplitudes B and
C in Equation 20 are generally coupled. They decouple
only if the unit vectors gð1Þ and gð2Þ in Equation 20 satisfy
the following relation along the ray:

dgðMÞ=dt ¼ ðgðMÞ 	 HbÞn; M ¼ 1; 2: (37)

In the terminology of the Riemanian geometry, vector gðMÞ
satisfying Equation 37 is transported parallelly along
the ray. If gð1Þ and gð2Þ are chosen as mutually perpendicu-
lar and perpendicular to n at one point of the ray, Equa-
tion 37 guarantees that they have these properties at any
point of the ray. Consequently, gð1Þ and gð2Þ are always per-
pendicular to the ray and do not rotate around it as the
Swave progresses. As gð1Þ, gð2Þ and n are always orthonor-
mal, and n is known at any point of the ray, it is not neces-
sary to use Equation 37 to compute both vectors gðMÞ. One
of them can be determined from the orthonormality condi-
tion, once the other has been computed using Equation 37.

Quantity det Q̂ðtÞ in Equation 34 may be zero at some
point t ¼ tC . This means that the cross-sectional area of
the ray tube shrinks to zero at t ¼ tC . The relevant point
t ¼ tC of the ray is called the caustic point. At the caustic
point, the ray solution is singular and yields an infinite
amplitude there. In passing through the caustic point tC
along the ray, the argument of ½det Q̂ðtÞ�1=2 may change
by  p=2 or  p (Kravtsov and Orlov, 1999). The former
case corresponds to the caustic point of the first order, see
Figure 3a, during which the ray tube shrinks to an elemen-
tary arc, the latter case corresponds to the caustic point of
the second order, see Figure 3b, during which the ray tube
shrinks to a point. It is common to introduce the phase
shift due to caustic TCðt; t0Þ using the relation

det Q̂ðt0Þ
det Q̂ðtÞ

" #1=2
¼ det Q̂ðt0Þ

det Q̂ðtÞ

�����

�����
1=2

exp½iTCðt; t0Þ� (38)

if caustic point tC is situated between t0 and t. The phase
shift due to the caustic is cumulative. If the ray passes
through several caustic points along the ray between t0
and t, the phase shift due to caustics is the sum of the
individual phase shifts. It is often expressed in the form
TCðt; t0Þ ¼ �1

2pkðt; t0Þ, where kðt; t0Þ is an integer,



A0 B0

C0
D0

A
B

CD

AB

C D

A0 B0

C0
D0

a

b

Seismic, Ray Theory, Figure 3 Caustic points of (a) the first order and (b) second order. (Figure 3.13 of Červený, 2001.)
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called the KMAH index (to acknowledge the work by -
Keller, Maslov, Arnold and Hörmander in this field).
The continuation relation for ray-theory amplitudes (34)
can then be modified to read:

AðtÞ ¼ rðt0Þjdet Q̂ðt0Þj
rðtÞjdet Q̂ðtÞj

 !1=2

exp½iTCðt; t0Þ�Aðt0Þ:

(39)

Equation 36 can be transformed to the analogous form as
Equation 39 as the zeros of det QðyÞðtÞ are situated at the
same points tC on the ray as the zeros of det Q̂ðtÞ.

The KMAH index can be calculated along the ray as
a byproduct of dynamic ray tracing. For detailed deriva-
tions and discussion see Bakker (1998) and Klimeš
(2010).

There are some differences between the KMAH indices
along the rays in isotropic and anisotropic media. In iso-
tropic media, the KMAH index always increases when
the ray passes through a new caustic point, either by one
or two. In anisotropic media, however, it may also
decrease by one or two at some caustic points. This hap-
pens only for S waves as a consequence of the concave
form of the slowness surface of the corresponding S wave.

Dynamic ray tracing. Paraxial approximations
As we can see in Equation 34, the computation of the ray-
theory amplitudes requires knowledge of det Q̂, where
Q̂ðtÞ characterizes the properties of the ray field in the
vicinity of the ray under consideration. Q̂ðtÞ can be com-
puted by the procedure called dynamic (or paraxial) ray
tracing. In addition to Q̂ðtÞ with elements
QijðtÞ ¼ @xi=@gj, we also have to introduce a new 3� 3
matrix P̂ðtÞ with elements PijðtÞ ¼ @pi=@gj. The equation
for Pij must be included to obtain the linear dynamic ray
tracing system. Differentiating ray tracing equations (25)
with respect to gj, we can easily obtain a system of linear
ordinary differential equations of the first order for Qij
and Pij,

dQij

dt
¼ @2H

@pi@xk
Qkj þ @2H

@pi@pk
Pkj;

2 2
dPij

dt
¼ � @ H

@xi@xk
Qkj � @ H

@xi@pk
Pkj; (40)

see Červený (1972). This system is usually called the
dynamic ray tracing system, and the relevant procedure
dynamic ray tracing. It can be solved along a given ray
O, or together with it.

The dynamic ray tracing system (40) may be expressed
in various forms. Instead of Cartesian coordinates xi, we
can use the wavefront orthonormal coordinates yi, or the
ray-centered coordinates qi. Then, instead of the 3� 3
matrices Q̂ and P̂, it is sufficient to seek the 2� 2 matrices
QðyÞ, PðyÞ or QðqÞ, PðqÞ. This reduces the number of DRT
equations, but complicates their right-hand sides (Červený
2001, sect. 4.2).

As the dynamic ray tracing system (40) is of the first
order and linear, we can compute its fundamental matrix
consisting of six linearly independent solutions. The
6� 6 fundamental matrix of system (40) specified by
the 6� 6 identity matrix at an arbitrary point t ¼ t0 of
the ray is called the ray propagator matrix and denoted
by Pðt; t0Þ.
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The 6� 6 ray propagator matrixPðt; t0Þ is symplectic:

PT t; t0Þð JP t; t0Þð ¼ J; with J ¼ 0 I
�I 0

� �
(41)

If we know the matrices Q̂ðt Þ, P̂ðt Þ, we can compute
Plane-wavefront
initial conditions

Point-source
initial conditions

τ0

τ0

Seismic, Ray Theory, Figure 4 Plane-wavefront and point-
source initial conditions for dynamic ray tracing. In anisotropic
media, rays are not perpendicular to the wavefront.
0 0
Q̂ðtÞ, P̂ðtÞ at any point t of the ray by a simple matrix
multiplication

Q̂ðtÞ
P̂ðtÞ

� �
¼ Pðt; t0Þ Q̂ðt0Þ

P̂ðt0Þ
� �

: (42)

The ray propagator matrixPðt; t0Þ satisfies the chain rule,
Pðt; t0Þ ¼ Pðt; t1ÞPðt1; t0Þ, where point t1 is situated
arbitrarily on the ray. It is simple to compute the inverse
of Pðt; t0Þ: P�1ðt; t0Þ ¼ Pðt0; tÞ. We can express
Pðt; t0Þ in the following way:

Pðt; t0Þ ¼ Q̂1 ðt; t0Þ Q̂2 ðt; t0Þ
P̂1 ðt; t0Þ P̂2 ðt; t0Þ

� �
; (43)

where Q̂1 ðt; t0Þ; Q̂2 ðt; t0Þ; P̂1 ðt; t0Þ and P̂2 ðt; t0Þ are
3� 3 matrices.

Equation 42 can be used to obtain a very important
quantity – the 3� 3 matrix M̂ðtÞ of second derivatives
of the travel-time field with respect to Cartesian coordi-
nates, with elements Mij ¼ @2T=@xi@xj:

M̂ðtÞ ¼ P̂ðtÞðQ̂ðtÞÞ�1: (44)

Matrix M̂ðtÞ plays an important role in the computation

of travel time not only along the rayO, but also in its “qua-
dratic” paraxial vicinity:

TðxÞ ¼ TðxOÞ þ ðx� xOÞTpðtÞ
þ 1
2
ðx� xOÞTM̂ðtÞðx� xOÞ:

(45)

In Equation 45, x denotes an arbitrary point in the

paraxial vicinity of the ray O, close to point xO ¼ xOðtÞ
on the ray O; slowness vector pðtÞ and the matrix M̂ðtÞ
are given at xO. The possibility of computing the travel
time in the paraxial vicinity of the ray has many important
applications.

The properties of the 6� 6 ray propagator matrix
Pðt; t0Þ described above remain valid even for the 4� 4
ray propagator matrices PðyÞðt; t0Þ or PðqÞðt; t0Þ
expressed in wavefront orthonormal coordinates yi or
ray-centered coordinates qi. The ray propagator matrices
PðyÞðt; t0Þ and PðqÞðt; t0Þ are identical, therefore, they
can be expressed in terms of the same 2� 2 matrices
Q1ðt; t0Þ, Q2ðt; t0Þ, P1ðt; t0Þ and P2ðt; t0Þ. Matrices
Q1ðt; t0Þ, P1ðt; t0Þ correspond to the plane-wavefront ini-
tial conditions at t0, and matrices Q2ðt; t0Þ, P2ðt; t0Þ to
the point-source initial conditions at t0, see Figure 4.
The 2� 2 matrix Q2ðt; t0Þ plays an important role in
computing the ray-theory Green function. The quantity

Lðt; t0Þ ¼ jdet Q2ðt; t0Þj1=2 (46)
is called the relative geometrical spreading. It corresponds
to a point source.

As in Equation 44, we can define the 2� 2 matrix of
the second derivatives of the travel-time field with respect
to y1, y2 or q1, q2 as follows:

MðtÞ ¼ PðtÞðQðtÞÞ�1: (47)

We will now briefly summarize several useful ray-

theory quantities and applications, which rely fully or
partly on dynamic ray tracing. For derivations and more
detailed explanations, seeČervený (2001, Chap. 4), where
also many other applications and references can be found:
(1) Paraxial travel times. (2) Paraxial slowness vectors.
(3) Paraxial rays. (4) Curvature of the wavefront.
(5) Matrix of geometrical spreading Q̂ and the relevant
matrix P̂. (6) Continuation relations for ray-theory ampli-
tudes along the ray. (7) Relative geometrical spreading.
(8) Phase shift due to caustics. (9) Ray-theory
elastodynamic Green function. (10) Higher-order spatial
derivatives of the travel-time field. (11) Fresnel volumes
and Fresnel zones. (12) Surface-to-surface propagator
matrix. (13) Boundary-value problems in four-parametric
system of paraxial rays, including two-point ray tracing.
(14) Factorization of the geometrical spreading.

Dynamic ray tracing is also needed in the investigation
of ray chaos and in computations of Lyapunov exponents,
in the ray-perturbation methods and in modifications and
extensions of the ray method such as Maslov method,
Gaussian beam and Gaussian packet summation methods,
in Kirchhoff-Helmholtz method and in various diffraction
methods.

Coupling ray theory for S waves in anisotropic
media
In inhomogeneous weakly anisotropic media, the standard
ray theory described above yields distorted results since it
is unable to describe the coupling of S1 and S2 waves
propagating with approximately equal phase velocities.
This problem can be removed by using the coupling ray
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theory. In the coupling ray theory, the amplitudes of the
two S waves can be computed along a trajectory called
the common ray (Bakker, 2002; Klimeš, 2006). The closer
the common ray approximates actual S-wave rays, the
more accurate results the coupling ray theory yields. The
common rays can be constructed in a reference isotropic
medium or in the actual anisotropic medium.
A convenient option is to compute common rays using
ray tracing equations (25) with the Hamiltonian given as

Hðxi; pjÞ ¼ 1
4
½G1ðxi; pjÞ þ G2ðxi; pjÞ�: (48)

In Equation 48, G and G are eigenvalues of the
1 2
Christoffel matrix G, see equation (7), corresponding to
S1 and S2 waves.

The coupling ray theory solution is sought in the form
(Coates and Chapman, 1990; Bulant and Klimeš, 2002):

uðt; tÞ ¼ AðtÞ½r1ðtÞgð1ÞðtÞexpðiot1Þ
þ r2ðtÞgð2ÞðtÞexpðiot2Þ�expð�iotÞ:

(49)

Here, AðtÞ is the scalar amplitude (34) or (36) calculated
along the common ray. The symbols gð1Þ and gð2Þ denote
the S-wave eigenvectors of the generalized Christoffel
matrix Gðxi; pjÞ calculated along the common ray. The
travel times t1 and t2 are travel times corresponding to
the above vectors gð1Þ and gð2Þ. They can be obtained by
quadratures along the common ray:

dt1=dt ¼ ½Gikg
ð1Þ
i gð1Þk ��1=2;

dt2=dt ¼ ½Gikg
ð2Þ
i gð2Þk ��1=2:

(50)

The amplitude factors r1 and r2 are solutions of two
coupled ordinary differential equations (Coates and
Chapman, 1990):

dr1=dt

dr2=dt

� �
¼ dj

dt
0 expðio½t2ðtÞ�t1ðtÞ�Þ

�expðio½t1ðtÞ�t2ðtÞ�Þ 0

� �

r1
r2

� �
;

(51)

where the angular velocity dj=dt of the rotation of the
eigenvectors gð1Þ and gð2Þ is given by

dj
dt

¼ gð2Þ
dgð1Þ

dt
¼ �gð1Þ

dgð2Þ

dt
: (52)

For detailed description of the algorithm, see Bulant and
Klimeš (2002).

There are many possible modifications and approxima-
tions of the coupling ray theory. In some of them, the
amplitude vector U of coupled S waves is sought along
the common ray in the form of Equation 20, in which the
amplitude factors B and C can be expressed as

BðtÞ ¼ AðtÞBðtÞ CðtÞ ¼ AðtÞCðtÞ: (53)
In Equations 53, AðtÞ is again the scalar ray amplitude, see
equation (34) or (36), calculated along the common
S-wave ray. There are many ways how to evaluate factors
B and C (Kravtsov, 1968; Pšenčík, 1998; Červený et al.,
2007). Here we present a combination of coupling ray the-
ory and of the first-order ray tracing (Farra and Pšenčík,
2010). In the approximation of Farra and Pšenčík (2010),
the common ray is obtained as the first-order ray, see sec-
tion on ray perturbation methods. The vectors gðKÞ,
appearing in Equation 20, specify the first-order approxi-
mation of the S-wave polarization plane. The factors B
and C in Equations 53 are then obtained as a solution of
two coupled ordinary differential equations, which result
from the corresponding two coupled transport equations:

dB=dt
dC=dt

� �
¼ � io

2

M11 � 1 M12

M12 M22 � 1

� � B
C

� �
:

(54)

Evaluation of the matrixMwith elementsM is sim-
IJ
ple (see Farra and Pšenčík (2010); Equations 20 and 7).

The resulting equations reduce to standard ray-theory
equations in inhomogeneous isotropic media, they
describe properly S-wave coupling in inhomogeneous
weakly anisotropic media and even yield separate
S waves when anisotropy is stronger. Common S-wave
rays are regular everywhere. They do not suffer from prob-
lems well known from tracing rays of individual S waves
in anisotropic media and are suitable for investigating
shear-wave splitting.

Effects of structural interfaces
Assume that the ray is incident on a curved structural inter-
face. If we wish to continue the ray computations for the
reflected, transmitted, monotypic or converted waves,
see Figure 5, we have to use relevant transformation rela-
tions for the ray tracing system, dynamic ray tracing sys-
tem and for the ray theory amplitudes at the interface.

The transformation relations for ray tracing and
dynamic ray tracing systems at interfaces are well known
(Červený, 2001). For the sake of brevity, we do not present
them here. We shall, however, discuss the transformation
of amplitudes. In the zero-order ray approximation, the
transformation of ray-theory amplitudes across an inter-
face is described by plane-wave reflection/transmission
coefficients. In other words, amplitudes of generated
waves do not depend on the curvature of the wavefront
of the incident wave and the curvature of the interface
at the point of incidence Q. Neither do they depend on
the gradients of the density and on gradients of the
density-normalized elastic moduli at Q, on both sides of
the interface. They depend only on the local values of
the density and density-normalized elastic moduli at Q
(on both sides of the interface) and on the angle of inci-
dence (the acute angle between the slowness vector of
the incident wave and the normal to the interface N at
the point of incidence Q).
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Seismic, Ray Theory, Figure 5 Slowness vectors of P, S1 and S2
waves generated at the point of incidence Q of a curved
interface separating two inhomogeneous anisotropic media. All
slowness vectors at Q are situated in the plane of incidence
specified by the slowness vector of the incident wave and the
normal to the interface N at Q. Ray-velocity vectors (tangent to
rays) of individual waves atQ are, in general, not confined to the
plane of incidence. In isotropic media, instead of reflected and
transmitted S1 and S2 waves, single reflected and transmitted
S waves are generated. In inhomogeneous weakly anisotropic
media, single coupled S waves are generated. Ray-velocity
vectors of individual waves at Q are situated in the plane of
incidence in isotropic media.
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Various types of R/T coefficients may be used. The dis-
placement R/T coefficients are used most frequently (Aki
and Richards, 1980; Červený et al., 1977 for isotropic
media; Fedorov, 1968 for anisotropic media). Very useful
are the energy R/T coefficients, as they are reciprocal. The
relation between the energy R/T coefficientRðQÞ and the
displacement R/T coefficient RðQÞ is as follows:

RðQÞ ¼ RðQÞ rð~QÞUnð~QÞ
rðQÞUnðQÞ
	 
1=2

(55)

(Červený 2001, sect. 5.4.3). Here Q is the point of

incidence, and ~Q the relevant initial point of the R/T
wave, both points being, of course, identical. Un is the
normal component (perpendicular to the interface) of
the ray-velocity vector. We further introduce the complete
energy R/TcoefficientsRC along the ray using the relation

RC ¼
YN
k¼1

RðQkÞ: (56)

The complete energy R/T coefficient RC corresponds to
the ray which interacts N -times with interfaces (at points
of incidence Q1;Q2; :::;QN ) between the initial and end
point of the ray.

Generalization of the continuation relation (36) for the
ray-theory amplitudes along the ray situated in a laterally
varying anisotropic medium containing curved interfaces
then reads:

AðtÞ ¼ rðt0ÞCðt0Þjdet QðyÞðt0Þj
rðtÞCðtÞjdet QðyÞðtÞj

 !1=2

RCexp½iTCðt; t0Þ�Aðt0Þ:
(57)
In seismic prospecting, in the technique called ampli-

tude variation with offset (AVO), it is common to work
with the so-called weak-contrast R/T coefficients. They
are linearized versions of exact R/T displacement coeffi-
cients. Linearization is mostly made with respect to the
contrasts of the density and elastic moduli across the inter-
face. There is a great variety of linearized formulae
depending on the type of media surrounding the interface
(isotropic, anisotropic), strength of anisotropy (weak,
strong), etc. The coefficients yield reasonable approxima-
tion in the vicinity of normal incidence. For increasing
incidence angles, their accuracy decreases. The advantage
of the weak-contrast coefficients is their simplicity and the
possibility of expressing them in explicit form. The effects
of the individual medium parameters on the coefficients
can than be easily evaluated.
Ray-theory elastodynamic Green function
The elastodynamic Green function GinðR; t; S; t0Þ repre-
sents the i-th Cartesian component of the displacement
vector at location R and time t, due to a single-force point
source situated at location S and oriented along the n-th
Cartesian axis, with the time dependence dðt � t0Þ. We
introduce quite analogously the ray-theory elastodynamic
Green function, with only two differences. The first differ-
ence is that ray-theory Green function is defined as a sum
of elementary ray-theory Green functions computed along
rays of selected elementary waves (direct, multiply
reflected/transmitted, etc.). The second difference is that
the elementary ray-theory Green functions are not exact,
but only zero-order ray approximations.

In the frequency domain the elementary ray-theory
elastodynamic Green function GinðR; S;oÞ for t0 ¼ 0
reads:

GinðR; S;oÞ ¼ gnðSÞgiðRÞexp½iTGðR; SÞ þ ioTðR; SÞ�
4p½rðSÞrðRÞCðSÞCðRÞ�1=2LðR; SÞ

RC:

(58)

Here LðR; SÞ is the relative geometrical spreading,
given by Equation 46, giðRÞ and gnðSÞ are the eigenvec-
tors of the generalized Christoffel matrix at R and S (polar-
ization vectors corresponding to the considered
elementary wave), T is the travel time along the
ray from S to R, RC the complete energy R/T coefficient
resulting from interactions of the ray under consideration
with interfaces between S and R, and TGðR; SÞ the com-
plete phase shift due to caustics along the ray between S
and R. The relevant KMAH index in anisotropic media
may also include a contribution at a point source S (if
the slowness surface of the considered wave is concave
at S). In isotropic media, this contribution is always zero.

The complete energy R/T coefficient RC , the travel
time TðR; SÞ, the relative geometrical spreading LðR; SÞ
and the complete phase shift due to caustics are always
reciprocal. Consequently, the elementary ray-theory
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elastodynamic Green function satisfies a very important
property of reciprocity:

GinðR; S;oÞ ¼ GniðS;R;oÞ: (59)

This relation is valid for any elementary seismic body
wave generated by a point source.

For elementary ray-theory Green functions in inhomo-
geneous weakly anisotropic media see Pšenčík (1998).

Chaotic rays. Lyapunov exponents
In homogeneous media, geometrical spreading increases
linearly with increasing length of the ray. In heterogeneous
media, behavior of geometrical spreading is more compli-
cated, and depends considerably on the degree of hetero-
geneity of the medium. In models, in which the
heterogeneity exceeds certain degree, average geometrical
spreading increases exponentially with increasing length
of the ray. Rays in such a medium often exhibit chaotic
behavior, which is characterized by a strong sensitivity
of rays to the initial ray data (for example, to ray parame-
ters). The rays with only slightly differing ray data at an
initial point tend to diverge exponentially at large dis-
tances from the initial point. Consequently, the rays inter-
sect many times and many rays pass through the same
point. With such chaotic rays, two-point ray tracing is
practically impossible, and the ray tubes are not narrow
enough for travel time interpolation. The chaotic behavior
of rays increases with increasing length of rays and pre-
vents applicability of the ray theory.

The exponential divergence of chaotic rays in the phase
space (the space formed by spatial coordinates xi and
slowness-vector components pj) can be quantified by the
so-called Lyapunov exponents. They may be introduced
in several ways. It is common to express them in terms
of characteristic values of the ray propagator matrix.
The relevant expressions for the Lyapunov exponents
and several numerical examples for 2D models without
interfaces can be found in Klimeš (2002a). See also
Červený et al. (2007), where other references can be
found.

The estimate of the Lyapunov exponent of a single
finite ray depends on its position and direction. The
Lyapunov exponents associated with rays of different
positions and directions can be used to calculate average
Lyapunov exponents for the model. The average
Lyapunov exponents play a very important role in smooth-
ing the models so that they are suitable for ray tracing
(Červený et al., 2007).

Ray perturbation methods
Ray perturbation methods represent an important part of
the ray theory. They can be used for approximate but fast
and transparent solutions of forward problems in compli-
cated models. They play even more important role in the
inverse problems.

Ray perturbation methods are useful everywhere,
where we wish to compute the wavefield or its
constituents (travel times, amplitudes, polarization) in
complicated models, which deviate only little from sim-
ple, reference models, for which computations are simpler.
The solutions for complicated models are then sought as
perturbations of simpler solutions for the reference
models. Examples are computations in weakly anisotropic
media, which use an isotropic medium as reference, or in
weakly dissipative media, which use a perfectly elastic
medium as reference. Basic role in these approaches is
played by reference rays traced in reference media. Solu-
tions in perturbed media can be given in the form of
a power series in the deviations of the perturbed and refer-
ence models. Mostly, the first-order approximation, i.e.
the first term of the power series, is used.

The most frequent application of ray perturbation
methods is in travel-time computations. First-order
travel-time perturbation formulae for isotropic media are
known and have been used (mostly in tomography) for
several decades. Well known and broadly applied are also
first-order travel-time formulae for anisotropic media
(Červený and Jech, 1982; Hanyga, 1982; Červený, 2001,
sect. 3.9). Travel-time perturbations are obtained by quad-
ratures along reference rays. As integration parameters,
the parameters along reference rays are used.

Recently, several procedures for computation of higher-
order travel-time perturbations for weakly anisotropic
media (note that anisotropy of the Earth is mostly weak)
were proposed. The procedure based on the so-called per-
turbation Hamiltonians (Klimeš, 2002b; Červený et al.,
2007) allows computation of highly accurate travel times
along a fixed reference ray in a reference medium.
Another procedure is based on the so-called first-order
ray tracing described briefly below. In the latter method,
second-order travel-time perturbations can be calculated
along first-order rays.

Relatively recent is the use of ray perturbation methods
in first-order ray tracing and first-order dynamic ray trac-
ing (Pšenčík and Farra, 2007; Farra and Pšenčík, 2010). It
allows to compute, approximately, not only rays and travel
times, but whole wavefields. To derive first-order ray trac-
ing and dynamic ray tracing, the perturbation approach is
used in which deviations of anisotropy from isotropy are
considered to be of the first order. Then it is just sufficient
to use Equations 25 and 40 with Equation 21, in which the
exact eigenvalue Gm is replaced by its first-order approxi-
mation. The resulting ray tracing provides first-order rays,
first-order travel times and the first-order geometrical
spreading. By simple quadratures along first-order rays,
second-order travel-time corrections can be computed.
This approach is applicable to P and S waves. In case of
S waves, it can include the computation of coupling
effects. First-order ray tracing and dynamic ray tracing
are used in this case for computing common rays, first-
order travel times and geometrical spreading along them,
using the Hamiltonian (48). The wavefield of S waves is
obtained by solving second-order coupling equations
along the common rays. The procedure yields standard
ray-theory results for S waves propagating in isotropic
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media, and approximate results in anisotropic media when
the S waves are coupled or even decoupled.

Ray perturbation method for weakly dissipative
media
In viscoelastic media, the density-normalized stiffness
tensor aijkl is complex valued:

aijklðxnÞ ¼ aRijklðxnÞ � iaIijklðxnÞ: (60)

If aI is small, the viscoelastic medium can be consid-
ijkl
ered as a perturbation of a perfectly elastic medium
(Červený, 2001, sect. 5.5.3) which has a form of the imag-
inary-valued term � iaIijkl. Reference ray in the reference
perfectly elastic medium and corresponding real-valued
travel time T along the reference ray between points
S and R can be obtained by standard ray tracing in per-
fectly elastic media. The imaginary travel time TI

(travel-time perturbation due to � iaIijkl) can be then
obtained by quadratures along the reference ray:

TI ¼ 1
2

Z R

S
Q�1ðtÞdt: (61)

The quantity Q in Equation 61 is a direction-dependent
quality factor for anisotropic media, corresponding to
the Hamiltonian (21):

Q�1 ¼ aIijklpjplgigk : (62)

For general Hamiltonians, the quality factor Q is given
by the relation Q�1 ¼ �ImHðxi; pjÞ.

The imaginary travel time TI in Equation 61 is respon-
sible for the exponential amplitude decay along the refer-
ence ray. For causal dissipation, the stiffness tensor (60)
is frequency dependent. The above described perturbation
approach is then equivalent to the perturbation scheme, in
which aIijklðxn;oÞ is considered to be of the order of o�1

for o ! ? (Kravtsov and Orlov, 1990; Gajewski and
Pšenčík, 1992).

In an inhomogeneous isotropic, weakly dissipative
medium, the expression (62) reduces to the well-known
formula

Q�1 ¼ �ImV 2=ReV 2¼: � 2ImV=ReV ; (63)

in which V is the complex-valued velocity, V ¼ a for
P waves and V ¼ b for S waves. Complex-valued quanti-
ties a and b are generalizations (to the complex space) of
real-valued a and b from Equation 14.

Concluding remarks. Applications, modifications,
and extensions of the ray method
Seismic ray method has found broad applications both in
global seismology and in seismic exploration. The advan-
tages of the seismic ray method consist in its numerical
efficiency, universality, conceptual clarity, and in its abil-
ity to investigate various seismic body waves
independently of other waves. Although its accuracy is
only limited, the seismic ray method is the only method
which is able to give an approximate answer to many
problems of high-frequency seismic body wave propaga-
tion in laterally varying, isotropic or anisotropic, perfectly
elastic or dissipative, layered and block structures.

In classical global seismology, the seismic ray method
has been traditionally used to study the internal structure
of the whole Earth, assuming that the Earth is radially
symmetric. The standard Earth’s model, obtained in this
way, is expressed in terms of distribution of elastic veloc-
ities as a function of depth.

At present, the applications of the seismic raymethod are
considerably broader. It is broadly used to study the 3-D
local lateral inhomogeneities in the structure, the form and
physical properties of structural interfaces, the local anisot-
ropy, attenuation, etc. In addition to forward modeling, the
ray perturbation methods are also broadly used for inver-
sions based on measured travel times or whole waveforms.
In lithospheric structural studies, particularly in crustal seis-
mology, the ray-synthetic seismograms have been also
often used for ultimate comparison with observed
seismograms. The computation of ray-synthetic
seismograms requires determination of not only travel
times, but also ray-theory amplitudes and polarization of
individual waves. Seismic ray method has also found broad
applications in other branches of seismology. Very impor-
tant examples are the localization of seismic sources and
the simultaneous localization with structural inversion.

In most applications of the raymethod in seismic explo-
ration for oil, the use of local 3-D structures with structural
curved interfaces is a necessity. Sophisticated algorithms
have been developed and used to image the structures
under consideration. At present, the most important role
is played by migration algorithms. Seismic ray theory
and its extensions have found important applications in
these algorithms.

The raymethod is not valid universally.We have briefly
described three serious limitations of the ray method:
(a) The ray method can be used only for high-frequency
signals. (b) In models, in which heterogeneity of the
medium exceeds certain degree, the ray field has chaotic
character, particularly at large distances from the source.
(c) The standard ray method cannot be used for computing
S waves propagating in inhomogeneous, weakly aniso-
tropic media. It must be replaced by the coupling ray the-
ory. The coupling ray theory must be used even in
moderately or strongly anisotropic media, in the vicinity
of shear-wave singular directions.

The ray method fails, however, even in other singular
situations. In smooth isotropic media, the most important
type of singularity are caustics. Caustics may attain vari-
ous forms. Various extensions of the ray method can be
used to compute wavefields in caustic regions. These
extensions are frequency dependent. See a detailed treat-
ment of wavefields in caustic regions in Kravtsov and
Orlov (1999), and also in Stamnes (1986). In models with
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smooth structural interfaces, other singularities often
appear. For edge and vertex points, see Ayzenberg et al.
(2007). For critical singular regions, at which head waves
separate from reflected waves, see Červený and Ravindra
(1971). For the waves, whose rays are tangential to inter-
faces, see Thomson (1989).

Specific methods, designed for different types of singu-
larities may be used for computing wavefields in singular
regions. Disadvantage of these methods is that they are
different for different singularities. Morever, singular
regions often overlap, and the wavefield in the overlaping
region requires again different treatment. It is desirable to
have available a more general extension of the raymethod,
applicable uniformly in any of the mentioned singular
regions, or, at least, in most of them. Such an extension
would simplify ray computations considerably and could
even lead to more accurate results.

Several such extensions of the ray method have been
proposed. We do not describe them here in detail. Instead,
we merely present references, in which more details and
further references can be found. Let us mention the
Maslov asymptotic ray theory introduced to seismology
by Chapman and Drummond (1982), see also Thomson
and Chapman (1985), Chapman (2004). Another exten-
sion of the ray method is based on the summation of
Gaussian beams (Popov, 1982; Červený et al., 1982).
For the relation of this method with the Maslov method
see Klimeš (1984). The Gaussian beam summation
method has found applications both in the forward model-
ing of seismic wavefields and in migrations in seismic
exploration. It is closely related to the method of summa-
tion of Gaussian packets (Červený et al., 2007). Ray the-
ory can be also used in the Born scattering theory
(Chapman and Coates, 1994; Chapman, 2004). For waves
reflected from a smooth structural interface separating two
heterogeneous, isotropic or anisotropic media, the Kirch-
hoff surface integral method can be used. For details and
many references see Chapman (2004, sect. 10.4). Another
useful extension of the ray method is the one-way wave
equation approach (Thomson, 1999).
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Synonyms
Receiver functions; Scattered teleseismic waves

Definition
Receiver function. Response of the Earth’s structure below
seismic stations to incident teleseismic waves. Seismic
discontinuities in the Earth’s crust or upper mantle cause
waves from distant earthquakes to be converted from
P to S waves or vice versa, or to be multiply reflected
between discontinuities before arriving the stations. Such
scattered waves carry information about the seismic struc-
ture of the lithosphere and upper mantle. Scattered waves
are weak signals and summation of many records is
usually required to visualize the useful information.

Receiver function technique
If a seismic wave hits a discontinuity between two solid
materials with different physical parameters, a part of
the wave will be reflected and another part will be
transmitted. There is also mode conversion between
compressional (P) waves and shear (S) waves (see Energy
Partitioning of Seismic Waves). Therefore, a P wave cross-
ing a discontinuity will generate an S wave (called Ps),
which will follow the P wave with a slower speed; and an
S wave will produce a P wave (called Sp), which will run
ahead of the S wave with a faster speed. If these wave types
are recorded at the surface and their incidence angles and
the material velocities are known, the depth of the disconti-
nuity, where they are generated can be determined from the
differential times of the two seismic phases, mother phase
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Seismic, Receiver Function Technique, Figure 2 (a) Sketch showing ray paths of teleseismic Ps and Sp converted waves below
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(LAB) arrivals. Note that in the case of a homogeneous halfspace, no signal would be contained in the above traces (Yuan et al., 2007).
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Seismic, Receiver Function Technique, Figure 3 Rotation of
the radial (R) and vertical (Z) components around the angle
of incidence into the L and Q system (Vinnik, 1977). The P wave is
in this case only on the L component and the SV wave is only
on the Q component. The SH wave remains on the
T component.
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and daughter phase. The waveforms of both phases carry
information about the structure of the discontinuity, which
can be isolated by the receiver function technique. The ray
path of suchwaves is shown in Figure 1. Figure 2 compares
incident P and S phases for a simplemodel with two discon-
tinuities (Moho and lithosphere–asthenosphere boundary,
LAB, see Earth’s Structure, Continental Crust; Litho-
sphere, Continental; Lithosphere, Oceanic), which cause
converted and multiply reflected phases that lead finally to
the receiver functions. There are a number of processing
steps required in the receiver function technique, which will
be considered in the following.

Separation of P and S waves
Since the converted daughter phase is a different wave
type with different particle motion, it can be separated
from the mother phase. The usual vertical, north–south
and east–west (ZNE) components of a seismic record
should be rotated, for better identification of signals, into
a coordinate system where P, SV, and SH wave types are
on different components. Due to heterogeneities close to
the station, such a coordinate system (frequently called
LQT or P-SV-SH system, see Figure 3) depends on the
local angle of incidence and back azimuth. In many cases,
only the horizontal components N and E are rotated into
the radial (R) and transverse (T) components. Frequently
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the rotation is done according to the theoretical back azi-
muth between receiver and source and the theoretical
angle of incidence according to epicentral distance.
A local ray coordinate system may be determined from
the diagonalization of the covariance matrix of the ZNE
recordings within a certain time window (Montalbetti
and Kanasewich, 1970; Kind and Vinnik, 1988). The
length of the time window used plays an important role
for determination of rotation angles with this technique.
The influence of the free surface of the Earth is small
and in most cases not considered. In Figure 4, theoretical
seismograms in the ZR and LQ coordinate system are
shown, along with ray diagrams for direct Ps phase and
multiple phases PpPs and PpSs.

Deconvolution
After separation of P and SV wave types on separate com-
ponents, it is much easier to identify and interpret the
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Seismic, Receiver Function Technique, Figure 4 (a) Effects of rotat
arriving as S wave (Ps, PpPs, PpSs) at the station remain on the Q c
L component (P, PpPp). (b) Ray paths of crustal multiples.
small converted signals. In earlier times when only analog
data records were available, only a few records could be
searched for converted phases. With the large amount of
digital data now available (see Seismological Networks),
weak signals can be enlarged relatively easily by summa-
tion of many records. A number of problems need to be
considered before seismic records can be summed. Differ-
ent waveforms and amplitudes generated by different
earthquakes are another problem, which needs to be taken
into account before summation of many traces can be
applied. After rotation, records of one source and many
distributed stations may be summed because all records
are caused by a single event with the same source-time
function. This is the well-known delay and sum technique.
However the results of such a summation will be the
response function at the source region (including, e.g.,
depth phases) and not the “receiver function.” If we are
interested in the structure beneath a seismic receiver,
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(a) Deconvolved, (b) original theoretical seismograms (Kind,
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model. All phases except P are eliminated on the deconvolved
P component. The deconvolved SV (Q) component differs
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expected. However, the PpPs Moho multiple reflection has
a significantly distorted amplitude (Kumar et al., 2010).
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records from many earthquakes at this receiver with very
different source-time functions and magnitudes must be
summed. Only in this case we will obtain as the result of
the summation the response of the structure beneath
a receiver. Influences of the receiver structure are common
to all records and will be enhanced by summation. In con-
trast, influences of the source or the source structure (depth
phases, conversions near the source) will be reduced.
Obtaining the structure beneath a receiver is especially
interesting because in contrast to sources we can move the
receivers wherewe need them and record teleseismic events
to study the structure at nearly any location (with many
problems at ocean bottom stations). The procedure used
for source equalization is usually deconvolution. In the fre-
quency domain, deconvolution of P receiver functions
(PRFs) means division of the SV component by the
P component and in S receiver functions (SRFs) it means
division of the P component by the SV component
(Langston, 1979; Gurrola et al., 1995). In time domain,
a Wiener filtering approach (Kind et al., 1995) can be
applied. For P receiver functions, an inverse filter can be
generated by minimizing the least-square difference
between the observed P waveform on the vertical compo-
nent and the desired delta-like spike function. The inverse
filter is then convolved with other components to obtain
receiver functions. Ligorria and Ammon (1999) proposed
an alternative approach to iteratively remove the source
and propagation effects. The question which type of
deconvolution is carried out does not seem to be very signif-
icant. After deconvolution, amplitude normalization is
applied, resulting in amplitude values of the converted
phase in percent of the incident phase.Deconvolution, how-
ever, has one principal disadvantage. One entire component
is considered as the source-time function. For example, the
entire P component over duration of perhaps 100 s is
deconvolved from the SV component. This means all sig-
nals within this window on the P component are considered
source. For example, P multiples within the crust at the
receiver site will also be eliminated by this kind of
deconvolution. In this sense, deconvolution prevents com-
putation of the complete Green’s function (impulse
response) at the receiver site (Kumar et al., 2010; Baig
et al., 2005; Bostock, 2004; Langston and Hammer,
2001). The modification of seismic records caused by
deconvolution is demonstrated in Figure 5. Kumar et al.
(2010) have shown that plain summation of many records
of a seismic station results in SV component traces, which
are nearly identical with deconvolved traces and P compo-
nent traces are preserved. They only applied amplitude
and sign equalization and summed all traces aligned along
the maximum of the P signal (see Kumar et al., 2010).
The only disadvantage of the new technique is that more
traces are needed to obtain the same signal-to-noise ratio.
Moveout correction and summation
An important problem is that seismic phases travel with
different velocities. This means that the differential times
of seismic phases in one record depend on epicentral dis-
tances. Therefore, only records from similar epicentral
distances can be summed. Traces from different distances
may also be summed if the conversions arrive very closely
in time to their mother phase (perhaps still possible for
crustal conversions). For converted phases arriving later
from greater depths, it is necessary to consider effects of
their different slowness. Vinnik (1977) has solved this
problem by using a delay and sum technique known from
array processing and applying it to the upper mantle dis-
continuities. Results are displayed in a slowness-time plot
(or conversion-depth-time plot, see Figure 6). Another
solution is that the distance moveout correction procedure
could be applied before summation, which is very well
known in applied seismics (see Deep Seismic Reflection
and Refraction Profiling). In moveout correction, the
timescale is stretched or compressed in order to parallelize
the same type of traveltime curves. A fixed reference
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slowness of 6.4 s/degree (or 67� epicentral distance) is fre-
quently used at which the timescale remains unchanged.
At smaller distances the timescale is compressed, and
expanded at larger distances, in order to transform the
traveltime curve of the converted phase under investiga-
tion into one parallel to the mother signal. After moveout
correction, a number of traces may be lined up and
summed into a single trace. A group of traces used for
summation could be all records from either one station
or records with piercing points in a certain geographical
region (box) at a certain depth (common conversion point
technique, Dueker and Sheehan, 1997, see Figure 7).
The advantage of the moveout correction and summation
technique is that single traces representing groups of
traces can be easily compared. After moveout correction
for direct conversions, the summation traces contain only
such phases. Surface multiples are destructively
superimposed because of their different slowness.
Moveout corrections cannot only be applied to Ps or Sp
conversions, but also to other phases like multiples. In this
case, the summation trace contains only a certain type of
multiples (see Figure 6). Moveout correction and summa-
tion also solves a special problem in S receiver functions.
Not every precursor of S on the P component is an S-to-P
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showing receiver function rays in a simple Earth model. Single
station summation is useful for shallower studies or for averages
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conversion. Surface multiples of the P phase can also
arrive on the vertical component as precursors of
S (Bock, 1994). These phases have, fortunately,
a different slowness and are suppressed in the delay and
sum technique or the moveout correction and sum
technique.

CCP stack and migration
Stacking by single stations is meaningful if piercing points
from different stations are not overlapping in the depth
range studied. If several stations are closely spaced and
piercing points are overlapping at the study depth, summa-
tion by common regions of piercing points at that depth
may be more meaningful (common conversion point
stacking, CCP). In this case, piercing point locations for
conversions at a defined depth are computed and all traces
with piercing points inside a defined area are summed
(see Figure 7).

Stacked time domain receiver functions are not yet the
goal of the processing, even if clear converted phases
can be recognized. We need to know where in the three-
dimensional Earth the conversion occurs. Therefore, the
final goal is the migration from the time series into
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Seismic, Receiver Function Technique, Figure 9 (a–d) Migrated theoretical 1-Hz receiver functions of a dome structure with
different receiver spacing. A spacing of 5 or less kilometers is required to obtain a good image of the structure. (e–f) Effects of
illuminating the structure from limited back azimuths (see arrows, Ryberg and Weber, 2000). Station spacing is 1 km.

1264 SEISMIC, RECEIVER FUNCTION TECHNIQUE



SEISMIC, RECEIVER FUNCTION TECHNIQUE 1265
a depth model (see Seismic, Migration). Depth migration
with a known velocity depth model is necessary for this
purpose.Migration is a very well-known technique in con-
trolled source seismics. In earthquake seismology with
relatively sparse station distribution more simple versions
of migration with one-dimensional models are often used.
The amplitudes of the receiver function traces are distrib-
uted along the ray path of a known velocity depth model.
The Earth model is divided in boxes and amplitudes of all
rays in one box are summed. The result is an approximate
two-dimensional (or three-dimensional) distribution of
seismic energy in space where hopefully seismic disconti-
nuities can be identified (see Figure 8). In the case of
P receiver functions, such images are blurredwithmultiples
from the surface, which produce apparent discontinuities.
One of the first examples of receiver function depth migra-
tion is given by Kosarev et al. (1999). A more sophisticated
development is given, e.g., by Bostock (2002).

The results of the processing steps described so far indi-
cate the great similarity with steep angle–controlled
source techniques. The topography of seismic discontinu-
ities in the interior of the Earth is displayed either in the
time or space domain. Distance moveout corrections and
depth migration are the most important common steps.
The main differences are the frequency content (which
determines the resolution) and depth penetration. Steep
angle seismics uses frequencies of many Hertz, whereas
the teleseismic signals have periods from one to many sec-
onds. Steep angle seismics does not always reach the
Moho, whereas receiver functions have practically unlim-
ited depth penetration since the signals are incident from
below. Ryberg andWeber (2000) conclude from computa-
tions of theoretical seismograms of two-dimensional
models that a station spacing of a few kilometers is
required if structures with a few kilometers scale length
need to be resolved (see Figure 9). A station density of
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Seismic, Receiver Function Technique, Figure 10 Modeling of the
(a) Models with different sharpness and velocity contrast of the LAB
a 20-km thick gradient transition zone and dotted line: LAB as a 40
synthetic S receiver functions. The thick gray line is the summation
alignment of the LAB phase. A 3–20 s bandpass filter is applied prio
Synthetic S receiver functions correspond to the models shown in
averaged Moho signal, which is not computed in the synthetic seis
a few kilometers has so far been achieved only in very
few deployments (e.g., Hansen and Dueker, 2009).

Waveform modeling
The above described processing steps for receiver func-
tions lead to the detection and location of discontinuities
in the interior of the Earth and their topography, ranging
from the base of the sedimentary layers to the upper man-
tle transition zone between 410- and 660-km depth.
A frequently applied additional step in receiver functions
is the inversion of the waveforms over the entire length
of the receiver function at a station into a one-dimensional
velocity depth model (e.g., Ammon et al., 1990; Kind
et al., 1995). Such an inversion technique has the capabil-
ity of fitting the data nearly perfectly. However, problems
involved are the nonuniqueness of the inversion and the
assumption that seismic phases, which have been gener-
ated by a three-dimensional Earth, can be transformed into
a one-dimensional model (Ammon et al., 1990). Although
the nonuniqueness problem has been improved recently
by using long-period signals (Jacobsen and Svenningsen,
2008), even a perfect fit of the observed waveforms with
theoretical waveforms encounters the problem of fitting
three-dimensional effects and possible noise into a one-
dimensional model.

Somewhat closer to reality seems to be the inversion of
isolated waveforms of conversions from individual dis-
continuities in P or S receiver functions (e.g., Moho or
LAB). An example is given by Li et al. (2007), see
Figure10. They summed about 8,000 S-to-P converted
signals from the LAB (S receiver functions) in the western
US and inverted the width of the summed signal in terms
of thickness of the LAB gradient. They obtained
a transition zone of not more than 20 km. However, deter-
minations of the size of the velocity jump and of the thick-
ness of the LAB from summation traces may depend on
5 10 15
Time (s)

L

Data
Sharpness = 0 km
Sharpness = 20 km
Sharpness = 40 km

LAB summation phase in the western US (Li et al., 2007, Figure 8).
. Dashed line: LAB as a first-order discontinuity; solid line: LAB as
-km thick gradient transition zone. (b) Waveforms of data and
of all the S receiver function stacks for each station after an
r to alignment and summation for a better phase correlation.
(a). The large positive swing in the data at less than 5 s is the
mograms.
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(Mohsen et al., 2005).
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focusing and defocusing effects of the topography within
the region of piercing points and erroneous transform
topography into the vertical velocity structure. Therefore,
this 20-km gradient must be considered as an upper limit
in this case. Another example is given by Mohsen et al.
(2005) in Figure 11. They show how each one of the
observed seismic phases may be modeled with good accu-
racy with a relatively simple model.

Two data examples
In Figure 12 are shown P, S, and SKS receiver functions in
time domain from a seismically quiet station in northern
Canada. The interesting point in these data is that in
S and SKS receiver function (SKSRF), a clear negative
phase is observed at 12–13 s, which corresponds to a depth
of about 110 km. A negative signal indicates a low veloc-
ity zone. Such a zone in that depth may be caused by the
LAB. However, from surface wave studies a much larger
depth of the LAB is expected in this region. These
contradicting results pose very interesting questions about
the structure of the upper mantle beneath old cratons. In
Figure 13 is shown an excellent example of depth
migrated P receiver functions beneath a subduction zone
(Kawakatsu et al., 2009). The subducting oceanic
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Seismic, Receiver Function Technique, Figure 12 PRFs, SRFs, and
functions are corrected for moveout with a reference slowness of 6
Engdahl, 1991). The number of the PRFs is more than 200, the numb
filter with corner frequency of 3 S is applied to all the data. Back azim
trace. The summation trace is plotted above each receiver function
traces.
lithosphere is completely visible, including upper and
lower boundary of the oceanic crust and the lower bound-
ary of the oceanic lithosphere (see Lithosphere, Oceanic).
Summary
Receiver functions or converted waves belong to a class of
small secondary scattered waves generated by a relatively
strong main phase like P or S. Similar scattered phases are
precursors of other main phases like PP, SS, or P0P0, which
have the great advantage to cover areas that are difficult to
access, like oceans (see Body Waves; Seismic Phase
Names: IASPEI Standard). These techniques are since
about 30 years the main tools to study discontinuities of
material properties in the Earth. The other main seismic
tool is tomography, which is sensitive to smooth changes
of material properties. The success of the scattered wave
techniques was made possible by the great extension of
high quality seismic networks in the last decades. Perma-
nent and mobile networks supplement each other. Espe-
cially studies of the lithospheric plates and the mantle
transition zone have gained much from the new tech-
niques. Many more detailed results can be expected when
much denser networks will be used in future.
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A recent review of the receiver function technique has
been given by Rondenay (2009). A number of additional
processing steps are the use of multiples to determine
average crustal properties (e.g., Zhu and Kanamori,
2000), the role of anisotropy (e.g., Levin and Park, 1997;
Schulte-Pelkum et al., 2005), or three-dimensional inver-
sion (e.g., Bostock, 2002).
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Synonyms
Reflection matrix method

Definition
Reflectivity method is a semi-analytic method for comput-
ing synthetic seismograms in layered elastic media. The
method has now been extended to anisotropic and laterally
varying media.

The reflectivity method
Introduction
Synthetic seismograms are now used routinely for interpre-
tation of field seismic data and evaluating the performance
of seismic processing algorithms. Generation of synthetic
seismograms essentially involves solution of the partial dif-
ferential equation (PDE) for seismicwave propagation.Dif-
ferent forms of the PDE are available for different earth
models (e.g., acoustic, isotropic, elastic, anisotropic, homo-
geneous, and laterally inhomogeneous). Brute force numer-
ical methods such as finite differences and finite elements
can, in principle, handle models of any complexity. How-
ever, they are limited by the speed of computation and com-
puter memory. Even with our latest computer technology,
generation of realistic 3D synthetic seismograms is not pos-
sible within reasonable clock time.

Much effort has been spent over the years in developing
methods that are fast and accurate. We are left with three
choices:


 Approximate the earth model and generate analytic or
semi-analytic solutions.


 Derive approximate (asymptotic) solution for realistic
heterogeneous models.


 Derive pure numerical solution for general heteroge-
neous models.

Figure 1 provides a fairly complete list of the methods
currently available for seismic modeling. Pure numerical
methods based on finite-difference (Virieux, 1984) and
finite-element (Marfurt, 1984; Komatitsch and Tromp,
1999; DeBasabe and Sen, 2007) approaches generate
complete solutions but these methods become prohibi-
tively expensive at high frequencies. The ray-based
methods generate asymptotic solutions at infinite fre-
quency and can be applied to models of general complex-
ity as long as rays can be traced through the medium
(Cerveny, 2001). Although the original WKBJ method is
valid for layered media, its extension to laterally varying
media is the Maslov method (Chapman and Drummond,
1982).



Methods of Seismogram Synthesis

Analytic Numerical

Finite Difference
Finite Element
Finite Volume

Ray Theory
WKBJ
Kirchhoff
Gaussian Beam
Ray-Born

Asymptotic Non-asymptotic

Cagniard deHoop
Reflectivity method
Coupled wavenumber method

Seismic, Reflectivity Method, Figure 1 Different methods for
computing synthetic seismograms: the reflectivity method is
a semi-analytic method that is generally valid for layered earth
models.

Vp1, Vs1, r1

Vp2, Vs2, r2

P S
P

Seismic, Reflectivity Method, Figure 2 A stack of layers in
which each layer is characterized by its elastic parameters and
layer thickness: as an incident plane wave propagates through
the stack of layer, it undergoes mode conversion and changes in
amplitude due to reflection and transmission.
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The methods such as the reflectivity (Fuchs andMuller,
1971) or Cagniard-deHoop method (e.g., Aki and
Richards, 2000) are included in the category of non-
asymptotic analytic method. They were originally pro-
posed for layered (1D) isotropic media and are still
commonly used in such media although some extensions
of these methods to anisotropy and lateral heterogeneity
have indeed been reported. Although I included these
methods in the category of “analytic method,” their final
evaluation is done numerically. Thus strictly speaking,
they should be included in the category of “semi-analytic”
methods. The speed of computation of these methods can
be improved by using asymptotic approximation at the
final stage of evaluation of an oscillatory integral.

The primary goal of this entry is to provide an overview
of the reflectivity method – perhaps the most popular
method of seismogram synthesis. In the following sec-
tions, I will summarize the theory and numerical methods
pertaining to reflectivity and provide some numerical
examples. Finally, I will discuss an extension of the reflec-
tivity method to laterally inhomogeneous media.
Plane waves
The plane waves are fundamental to understanding wave
propagation. It has been demonstrated that a point source
response can be generated by a weighted sum of individ-
ual plane wave responses (e.g., Aki and Richards, 2000).
In a homogeneous medium, plane waves propagate with-
out spreading. In a stratified medium, plane waves remain
planar during their propagation. However, as they propa-
gate through a stack of flat layers (Figure 2), they undergo
changes in amplitude and phase.

 The amplitude changes can be accounted for by impos-
ing boundary conditions of continuity of displacement
and stress resulting in expressions for the so-called
plane wave reflection and transmission coefficients.


 Travel time changes can be computed using individual
layer velocities for locally linear ray-paths.


 Changes in propagation angle can be computed by
imposing Snell’s law of preservation of horizontal
slowness.


 In a stratified medium, an incident plane wave gener-
ates converted waves and internal multiples with appro-
priate amplitudes given by reflection and transmission
coefficients.

Figure 2 displays a stack of layers in which each layer
is characterized by its elastic parameters (densities and, P-
and S-wave velocities) and thicknesses in an elastic isotropic
medium. An incident plane P-wave characterized by a ray
(normal to the plane) given by the angle it makes with the
vertical axis is shown in the top layer. At the first layer
boundary, it generates a reflected P-wave and a reflected
SV-wave (converted). It also generates several reverberations
with the top free surface (not shown in the figure). As the
planewave enters the second layer, it changes its propagation
direction and similarly generates several converted waves
and multiples. The primary task in generating synthetic
seismograms is to keep track of all of these paths and account
for all these amplitude and phase changes. The reflectivity
method does exactly that. However, before we look into the
details of the reflectivity method, let us first examine some
simple cases with a few rays.
Simple plane wave synthetics
It is fairly straightforward to generate plane wave syn-
thetic seismograms for a layered medium for a few rays
or plane waves. Two fundamental parameters involving
plane wave seismograms are the ray parameter or horizon-
tal slowness denoted by p and vertical delay time denoted
by t. They are defined as follows

p ¼ sin y
v

; q ¼ cos y
v

; (1)
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where, y is the vertical angle of the ray, q is called the ver-
tical slowness and

t ¼ 2hq; (2)

where, h is the layer thickness.
Now referring to Figure 2, the PP reflection delay time

for layer 1 is

tPP1 ¼ 2h1q
P
1 ; (3)

and the PS reflection delay time is

tPS1 ¼ h1 qP1 þ qs1
� �

: (4)

In the above equations, the subscript represents the
layer and the superscript represents the wavemode under
consideration. The plane wave response of the primary
PP mode from the interface between layer 1 and layer 2
can be written down in the frequency-slowness domain as

R o; pð Þ ¼ RPP
1

exp io2h1qPP1
� �

; (5)
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Seismic, Reflectivity Method, Figure 3 Examples of plane wave an
two elastic layers over a half space: these were generated for a vert
displacement are shown. The upper panel shows the plane wave s
corresponding x-t domain synthetic seismograms. The left panel sho
shows the seismograms that include primary PP, PS and internal m
where, RPP
1

is the PP plane wave reflection coefficient for
interface 1. Similar expression can be written down for the
PS mode primary reflection.

R o; pð Þ ¼ RPS
1

exp ioh1 qP1 þ qS1
� �� �

: (6)

To include the reflection from the second layer, we sim-

ply need to add a term appropriate for the second layer
(similar to Equation 3) resulting in the following
expression

R o; pð Þ ¼ TPP
1DR

PP
2 TPP

1U exp io 2h1q
PP
1 þ 2h2q

PP
2

� �� �
; (7)

where we include the effects of transmission using
downgoing (with subscript D) and upgoing (with sub-
script U ) transmission coefficients. Expressions similar
to Equation 7 can also be written down for mode-
converted waves.

Examples of plane wave and point source synthetic
seismograms are shown in Figure 3; these are generated
for a vertical point force and only the traces of vertical
component of displacement are shown. The upper panel
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shows the plane wave seismograms in t-p domain while
the lower panel shows the corresponding x-t domain syn-
thetic seismograms. The left panel shows seismograms
for primary PP reflections only. Note two distinct reflec-
tions from the two layer boundaries. The right panel shows
seismograms that include primary PP, PS, and internal
multiples from the second layer.

It is fairly straightforward to compute seismograms for
a few selected phases for a few layers. In reality, we have
many layers and an infinite number of ray-paths – these
are not easy to count. The reflectivity method offers an ele-
gant algorithm for computing full response without having
to count rays. Of course, we may choose to compute a few
selected phases under reflectivity formulation as well, if
desired.

Theory
Detailed developments of the theory of the reflectivity
method for isotropic media can be found in Fuchs and
Muller (1971) and Kennett (1983). Derivations for an
anisotropic layered medium can be found in Booth and
Crampin (1983) and Fryer and Frazer (1984). We start
with the two fundamental equations in seismology,
namely, the constitutive relation and the equation of
motion given by,

t ¼ C : Hu (8)

ro2u ¼ H 	 tþ f ; (9)
where, t is a second rank stress tensor,C is the fourth rank
elastic stiffness tensor, u is the displacement vector, o is
the angular frequency, and f is a body force term. Note that
the above equations are in frequency domain.

The fundamental assumption in reflectivity is that the
medium is layered and therefore, we can apply transfor-
mations over x and y coordinates to horizontal wave num-
bers Kx and Ky or horizontal slowness px and py. For
isotropic and layered transversely isotropic media, we
can make use of cylindrical symmetry and transform to
radial ray parameter p and azimuth f. For a general aniso-
tropic medium, we simply apply Fourier transforms over x
Seismic, Reflectivity Method, Table 1 Reflection matrices or com

Reflectivity approach C

Unconditionally stable U
For the P-SV case, the algorithm evaluates four 2 � 2 complex
reflection/transmission matrices and iteration equations for each
frequency and ray-parameter.

F

Derivatives or differential seismograms can be computed analytically
for isotropic and vertically transversely isotropic (VTI) media

D

Derivatives can be computed by semi-analytic approach for general
anisotropic media

–

Requires VERY CAREFUL coding C
Most efficient for general anisotropic media 

Ray-interpretation is possible. Selected rays and selected number of
multiples can be included. The algorithm is VERY FLEXIBLE

C

and y coordinates to transform Equations 8 and 9 into hor-
izontal wave numbers or ray-parameter domain. Once that
is achieved, all the analytic developments are done in the
frequency ray-parameter domain.

The equation of motion and the constitutive relation are
thus transformed into the following system of ordinary
differential equations in depth z, by applying a Fourier
transform in x and y

b ¼ ioAbþ f ; (10)

where, b ¼ ux uz uy txz tzz tyz
� T ¼ b o ; pð Þis the stress-

displacement vector which is a function of frequency o
and horizontal slowness p, A(o, p) is the system matrix
that is a function of elastic coefficients, and f is a body
force term. For isotropic and transversely isotropic media,
the Equation 10 decouples into two systems, namely
a P-SV (4 � 4) system and an SH (2 � 2) system. The
solution of the ODE (Equation 10) can be carried out by
a propagator matrix method (Gilbert and Backus, 1966).
It is well known that the propagator matrix is generally
unstable due to growing exponentials (e.g., Jensen et al.,
1993). Stable solutions can be obtained by one of the three
methods:


 A global matrix approach (Schmidt and Tango, 1986).

 Compound matrix approach where we define a new

system of ODE in which the elements of the new sys-
tem matrix are the minors of the original system matrix.
The original 4 � 4 P-SV system maps into a 6� 6 sys-
tem (Dunkin, 1965; Phinney et al., 1987).


 An invariant imbedding or a reflection matrix approach
(Kennett, 1983).

Of the three methods listed above, the compound
matrix and the reflectivity methods have been widely used
in seismology. Table 1 summarizes the two methods. The
reflectivity method has been very popular because of its
ray-interpretation and easy generalization to azimuthally
anisotropic media. In the unconditionally stable reflection
matrix approach (Kennett, 1983), the propagation uses the
eigenvalues and eigenvectors of the system matrix A; the
eigenvalues are the vertical phase functions. These
pound matrices?

ompound matrix approach

nconditionally stable
or the P-SV case, the algorithm has fewer floating-point operations
than the reflectivity method. The method is computationally faster
than the reflectivity method.
erivatives or differential seismograms can be computed analytically
for isotropic and VTI media

oding is very EASY
Very slow for general anisotropy
omplete solution is derived
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eigenvalues and eigenvectors are used to define four
upgoing and downgoing reflection and transmission coef-
ficient matrices, RD, TD, RU, and TU. These are propa-
gated through the stack of layers to obtain a composite
reflection matrix that includes the effects of reflection,
transmission, mode conversion, and internal multiples.
Kennett (1983) derived the following iteration equation
(Kennett, 1983; p.127), which can be used to compute
the R/T matrices of a zone AC when those of zones AB
and BC are known:

RAC
D ¼ RAB

D þ TAB
U RBC

D I� RAB
U RBC

D

� �1
TAB
D

TAC
D ¼ TBC

D I� RAB
U RBC

D

� �1
TAB
D

RAC
U ¼ RBC

U þ TBC
D RAB

U I� RBC
D RAB

U

� �1
TBC
U

TAC
U ¼ TAB

U I� RBC
D RAB

U

� �1
TBC
U :

(11)

Equation 11 is the most fundamental development of

the reflectivity formulation. Given the R/T matrices
(which include layer propagation and interaction terms)
of two consecutive regions AB and AC (Figure 4), we
can compute the response of region AC using Equation 11.
Thus, we can propagate through the stack of layers
resulting in an unconditionally stable algorithm.

Let us examine the downward reflection matrix in
Equation 11 in slightly more detail. Using the matrix
identity

I�Að Þ�1 ¼ I þAAþAAAþ :::; (12)

we can write

RAC
D ¼ RAB

D þ TAB
U RBC

D I� RAB
U RBC

D

� �1
TAB
D

¼ RAB
D þ TAB

U RBC
D TAB

D þ TAB
U RBC

D RAB
U RBC

D TAB
D þ :::

(13)
Region 2

Region 1

A

B

C

Seismic, Reflectivity Method, Figure 4 Zones AB and BC from
a stack of layers; if the upgoing and downgoing reflection/
transmission matrices for these two zones are known, those for
the entire stack AC can be generated using the iteration
equations.
Figure 5 clearly shows that Equation 13 includes all the

internal multiples and mode-converted waves. We may
also choose to retain a few terms in the expansion and thus
compute exact response of a few rays.

While computing the up/downgoing reflection/trans-
mission matrices through the stack of layers, we need to
save the appropriate matrices through the source, receiver
layers, and the free surface. Finally, one can compute the
entire stress/displacement vector comprising the compo-
nents of displacement and traction at any receiver location.

Note that we obtain our solution in the frequency
ray-parameter domain. An inverse temporal Fourier trans-
forms results in (t-p) seismograms. Synthetics in the offset-
time domain can be obtained by plane wave synthesis of
the (o, p) or (t-p) seismograms. A general flow chart for
computing synthetic seismograms by the reflectivity method
is shown in Figure 6. Note that the ray-parameter, layer and
frequency loops can be interchanged depending on the appli-
cation. As stated earlier, intermediate results in (t-p) domain
are very useful for understanding wave propagation and
amplitude effects since they are devoid of spherical spreading
loss (Fryer, 1980).

Computational issues
It has been demonstrated that the reflectivity algorithm
reviewed in this entry is unconditionally stable (Kennett,
1983). However, one must incorporate some practical
strategies in computing noise-free synthetic seismograms
(e.g., Mallick and Frazer, 1987).


 Spatial aliasing: Generation of offset synthetics from
plane wave seismograms requires evaluation of an
oscillatory integral. The integrand becomes more and
more oscillatory with increase in offset and frequency.
Thus a practical strategy would be to use a frequency
dependent sampling interval in ray-parameters. Alter-
natively, one can use the minimum ray-parameter incre-
ment appropriate for the highest frequency and the
largest offset of interest. We also need to use smooth
tapers at the high and low ends of the ray-parameter
window to avoid truncation phases.


 Temporal aliasing: It can be avoided either by using
a very large time window or adding a small imaginary
part in the frequency following a method outlined in
Phinney (1965).


 Parallelization: For high frequency and large offset cal-
culation, the reflectivity calculation may be computa-
tionally intensive especially for azimuthally
anisotropic media, where reflectivity calculation needs
to be performed for a large number of ray parameters.
Note that (Figure 6) almost the entire reflectivity com-
putation can be done in parallel resulting in an algo-
rithm that may be termed “embarrassingly parallel.”
One of the simplest ways to parallelize is to distribute
the computation of ray-parameter traces equally to the
available nodes of a computer (e.g., Roy et al., 2005).
The master node collects all the ray parameter traces
(note that there is no communication in between the
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General Flow chart

• Loop over ray-parameter

• Loop overe layer

• Compute R/T (up going and downgoing) for all the interfaces

• loop over frequency

• evaluate iteration equation

• end loop over frequency

• end loop over layer

• inverse FFT for (tau-p) seismograms

• End loop over ray-parameter

• Sum the plane wave responses to compute point source synthetics

Seismic, Reflectivity Method, Figure 6 A general flow chart for
developing a reflectivity code.
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nodes required for the calculation of ray parameter
trace). This results in an almost linear speedup as
a function of the number of nodes. MPI (message pass-
ing interface) can be used for parallelization; the reflec-
tivity code can also be parallelized using simple
compiler directives, if coded carefully.


 Attenuation: In order to include attenuation, we need
to specify Q values for P- and S- waves for each layer.
For frequency dependent attenuation, the velocities
are complex and dependent on frequency. In such cases,
the layer loop (Figure 6) becomes the deepest loop.

Applications
Exploration scale modeling: Numerous applications of
reflectivity synthetic seismograms for exploration can be
found in literature. This algorithm is often used to generate
synthetic seismograms from well logs and then used in cali-
brating a seismic gather at the well location andwell tie (e.g.,
Sen, 2006). Figure 7a shows a0, b0, density, and VTI anisot-
ropy parameters e and d derived from awell log as a function
of two way time. The plane wave synthetics for an isotropic
and VTI model and their differences are shown in Figure 7b.
Note that for isotropic calculations, e and d values were set
equal to zero; for VTI calculations, P- and S-wave velocities
from well logs were treated as vertical P and S velocities
respectively. Offset synthetics for isotropic and VTI models
and their differences are shown in Figure 7c. As expected,
the effect of anisotropy is more pronounced at large offsets
or ray-parameters.
Modeling anisotropy in the core–mantle transition
zone (D00): For modeling at regional and teleseismic dis-
tances, we need to apply earth-flattening transformation to
the models prior to computing synthetic seismograms using
a reflectivity code. An example of such modeling is given in
Pulliam and Sen (1998) in which attempts were made to
model shear wave splitting observations of S-wave phases
that propagate nearly horizontally through the core–mantle
transition zone. Figure 8 shows the data and the
corresponding synthetic seismograms for a station at
Hockley from earthquakes from Tonga-Fiji. The model used
for reflectivity calculation includes transversely isotropic
layerswith a horizontal axis of symmetrywithin theD00 zone.

Modeling in azimuthally anisotropic media (compari-
son with FD): An example of comparison of azimuthally
anisotropic reflectivity synthetic seismograms with those
computed by a 3D azimuthally anisotropic finite-
difference code is shown in Figure 9 (Bansal and Sen,
2008). The synthetics computed by the two methods are
in excellent agreement.

Extension to laterally heterogeneous media
Extension of the reflectivity method to two dimensions,
where the velocities and densities are allowed to vary lat-
erally as well, is nontrivial. Koketsu et al. (1991) and Sen
and Pal (2009) developed extended reflectivity methods
for the case of homogeneous layers separated by irregular
or curved interfaces which do not cross each other. Lateral
media variations within a layer cannot be easily taken into
account in a reflectivity-type formalism because the con-
cept of an interface is inherent in it except using the con-
cepts of pseudo-differential operators and Fourier
Integral operators (McCoy et al., 1986).

Across a flat surface, the horizontal slowness p is con-
served according to Snell’s law. However, across an irreg-
ular interface, an incident ray with a particular p is
scattered into different plane waves with slownesses p0.
This is mathematically equivalent to Fourier transforming
the dependence of z on x to the scattered set of p0 or k0
(wave number). Now the coefficients RD(p), RU(p),
TD( p), and TU( p) become functions of both p and p0.
The 2D extension of the method as proposed by Koketsu
et al. (1991) involves explicit evaluation of boundary con-
ditions that results in a matrix formulation involving sev-
eral matrix inversions in the coupled ray-parameter
domain; numerous numerical artifacts are caused by such
matrix operations. An alternate asymptotic approach was
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proposed by Sen and Pal (2009) by examining a tangent-
plane or Kirchhoff formulation in the plane wave domain
to replace the exact boundary condition evaluation (Sen
and Frazer, 1991). All other reflectivity operations such
as the invariant imbedding or iterative computation of
reflection, transmission, multiple, and mode conversions
can be readily applied even under this approximation. This
new algorithm computes noise-free seismograms even
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with coarse sampling of the interfaces and ray-parameters.
Approximate calculation of reflection/transmission coeffi-
cients, however, does not include multiple interaction of
a plane wave with an interface.

Sen and pal (2009) performed computations in the
coupled slowness domain and thus, multiple shot-receiver
data can be synthesized rapidly. Intermediate results in the
coupled slowness space provide important insight into
understanding wave propagation in heterogeneous media.
Figure 10 shows synthetic seismograms for a model with
two homogeneous layers over a half space (Figure 10a)
such that the top interface is flat and the second interface
is dipping with a constant dip. Figure 10b shows synthetic
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Summary
Seismic modeling is crucial to understanding seismic wave
propagation and interpreting field seismic records. Several
methods for seismic modeling are available; they vary in
accuracy, model assumptions, and computational speed.
Of these, the reflectivity method is perhaps the most popu-
lar. The original reflectivity formulation is valid for 1D elas-
tic media. It is capable of computing a complete response of
a layered earthmodel. If needed, this can also be designed to
compute responses of a few selected phases. The cost of
computation grows with the number of layers, increase in
frequency, and offset. Most isotropic models can now be
computed fairly rapidly on standard desktop workstations
or personal computers. Azimuthally anisotropic models
require computations in two wave numbers and therefore
can be computationally demanding. Parallel algorithms
can be easily developed for rapid computation of reflectiv-
ity synthetic seismograms for large models. For 1D full
waveform inversion, the reflectivity forward modeling is
invoked a large number of timeswhere a parallel reflectivity
algorithm is also essential. The reflectivity algorithm has
been used in a wide variety of applications including seis-
mic modeling in exploration and whole earth scales. Full
waveform inversion methods based on reflectivity forward
modeling are becoming increasingly popular (e.g., Sen
and Roy, 2003). The method has also been extended to
modeling in laterally heterogeneous media and to electro-
magnetic modeling in layered media (Sena et al., 2008).
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SEISMIC, VISCOELASTIC ATTENUATION
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Synonyms
Seismic intrinsic attenuation

Definition
Linear viscoelastic attenuation. The fractional loss of seis-
mic energy in a material in which elastic deformation
(strain) induced by one cycle of a seismic wave or mode
lags in time the applied stress associated with the wave
or mode.
Apparent seismic attenuation. The loss of energy in
a propagating seismic wave or standing mode due to vis-
coelasticity combined with the loss of scattered energy
redistributed in time and space by heterogeneity.

Introduction
The amplitude of seismic waves decreases with increasing
distance from earthquake, explosion, and impact sources.
How this amplitude decreases, how rapidly it occurs, and
how it depends on frequency of the seismic waves is fun-
damentally important to the efforts to describe Earth struc-
ture and seismic sources. The decay of amplitude of
seismic waves with increasing distance of propagation
through earth is known as seismic wave attenuation. The
attenuation occurring under high-temperature rheological
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conditions in the earth’s interior can be called seismic vis-
coelastic attenuation.

Seismic attenuation and its variation with location
within the Earth are useful for determining the anelastic
properties of the earth as a function of depth. Seismic
attenuation also shows large lateral variations that can be
related to lateral variations in geological and geophysical
properties not as easily detected by measurement of seis-
mic velocities. In addition to providing information on
a physical property, research in seismic attenuation has
also been strongly motivated by more practical problems.
One problem has been the prediction of ground motion
due to probable earthquakes in different regions. The fre-
quency content and decay with distance of this strong
ground motion is an important input to the design of earth-
quake resistant structures and to disaster forecasting (see
Earthquakes, Strong-Ground Motion). Another problem
has been to estimate the size and detectability of under-
ground nuclear tests (see Seismic Monitoring of Nuclear
Explosions).

How do seismic waves attenuate?
The attenuation of seismic waves is due to three effects:
geometric spreading, intrinsic attenuation, and scattering.

Geometric spreading
Geometric spreading leads to an energy density decrease
that occurs as an elastic wave front expands with increas-
ing distance from its source. In a homogeneous Earth of
constant velocity and density, the geometric spreading
of a seismic body wave is proportional to the reciprocal
of the distance between source and receiver. In the real
Earth, velocity and density vary strongly with depth and
less so laterally. Given a model of this variation, however,
the geometric spreading of a body wave can be easily cal-
culated (see Seismic, Ray Theory).

Intrinsic viscoelastic attenuation
Intrinsic (viscoelastic) attenuation occurs at high tempera-
tures due to internal friction during the passage of an elas-
tic wave. It is controlled by the thermal and defect
properties of the medium in which the wave is propagat-
ing. It can result in a phase lag between strain and stress
giving rise to strain energy dissipation and associated fre-
quency dependence (dispersion) of the relevant modulus
or speed of the propagating elastic wave. The microscopic
mechanisms of intrinsic attenuation have been described
in several different ways, including the resistive and vis-
cous properties of oscillator models of the atoms in crys-
talline lattices, the movement of interstitial fluids
between grain boundaries and cracks (O’Connell and
Budiansky, 1977), and the frictional sliding of cracks.
Jackson (1993, 2007) reviews laboratory experiments that
investigate microscopic mechanisms of intrinsic attenua-
tion. This article concentrates on the measurement of
intrinsic attenuation from recordings of seismic waves at
great distance.
Scattering attenuation
Scattering attenuation occurs when elastic energy is
scattered and redistributed into directions away from the
receiver or into waves arriving in later time windows at
the receiver (see Seismic Waves, Scattering). Scattering
takes place by reflection, refraction, and mode conversion
of elastic energy by wavelength-scale irregularities in the
medium. These irregularities are discontinuous or rapid
variations in the velocity and/or density of the medium.
In the crust and uppermost mantle, variations in velocity
and density can be particularly strong in the lateral as well
as the vertical direction.

Linear viscoelasticity
Rheology
A stress is a vector force per unit area applied to a solid.
A strain is non-dimensional measure of the deformation
of the solid due to the applied stress, such as the change
in a length element divided by the original length. The
equation that relates stress and strain is sometimes termed
the rheology or the constitutive relation (see Mantle
Viscosity). A linear viscoelastic rheology can be described
by a linear differential equation:

L1sðtÞ ¼ L2eðtÞ (1)

Where L and L are any linear combinations of
1 2
operators of the time dn

dtn or
R
dtn. This type of equation

can describe both the elastic strain of a material over
a short time interval of applied stress as well as its viscous
behavior and flow over a longer time interval (Gross,
1953; Nowick and Berry, 1972; Jackson et al., 2005;
Kohistedt, 2007).

Anelastic hysteresis
Seismic oscillations at distances beyond several fault
lengths from an earthquake excite small strains less than
10�6. These strains are recoverable during a cycle of seis-
mic oscillation and lag the applied stress of the oscillation
in time. Because of the time lag, a cycle of increasing and
decreasing stress does not produce a perfectly propor-
tional increase and decrease in strain. Instead
a hysteresis loop occurs (Figure 1). The area enclosed by
the hysteresis loop is a measure of the energy lost due to
heat and internal friction. During the stress cycle associ-
ated with the passage of a seismic wave, the energy lost
to this internal friction is not available to deform the adja-
cent regions of the solid ahead of the wave front and there-
fore the amplitude of the wave decreases.

From the hysteresis curve, one can see that the stress–
strain relation cannot be described by a simple constant
of proportionality in the time domain. Amore complicated
relation involving an integral over time is required to
describe strain at any instant of time as a function of the
prior time history of the applied stress. By Fourier
transforming the rheologic equation, however, and keep-
ing only terms describing the short-term anelastic behav-
ior, the stress–strain relation can be simply expressed
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Seismic, Viscoelastic Attenuation, Figure 1 Stress–strain
hysteresis curve showing the behavior of strain during a cycle of
applied stress induced by a propagating seismic wave.
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by means of either a complex elastic modulus G
_ðoÞ

or by its reciprocal, the complex elastic compliance, J
_ðoÞ:

s_ðoÞ ¼ G
_ðoÞeðoÞ (2a)

e_ðoÞ ¼ J
_ðoÞs_ðoÞ (2b)
The elastic modulusG
_

and compliance J
_

must be a com-

plex numbers to describe the phase lag of strain. G

_

and
J
_

must also be frequency dependent because the phase lag
of strain depends on the time history of stress, the shape
of the hysteresis curve changing with different load histo-
ries. All the usualmeasures of anelasticity, including the fre-
quency-dependent quality factorQ(o) and the dispersion of
the complex phase velocity v_ðoÞ can be expressed in terms
of the complex compliance J

_ðoÞ (Jackson and Anderson,
1970).The trend of the frequency dependencies can be
inferred from the time lag of strain from applied stress.

A feature of the complex modulus is that its real part
will be smaller at zero or very low frequency and larger
at infinite or very high frequency. That is, there will be
an instantaneous response of strain to the applied stress,
which is smaller than the eventual equilibrium response
after longer time. The difference between the modulus at
infinite frequency Gð?Þ, representing the instantaneous
or unrelaxed response, and the low-frequency limit of
the modulusGð0Þ, for the equilibrium or relaxed response,
is called the modulus defect DG, with

DG ¼ Gð?Þ � Gð0Þ (3)

The relaxed and unrelaxed moduli are pure real numbers

that can be determined by observing a sequence of hystere-
sis curves for increasing frequencies of monochromatic
loads. The frequency dependence of the real part of the
modulus G at frequencies between 0 and ? implies that
the propagation of a stress pulse will be dispersive, with
higher frequencies traveling faster than lower frequencies.
Q and complex velocity
Since simple mechanical systems, composed of springs
and dashpots and simple electric circuits also obey linear
equations of the form of Equations 2a, b, there are analo-
gies between the quantities describing these systems and
quantities in the stress–strain relation. For example, strain
behaves like voltage, stress like current, and the complex
compliance J

_

like the complex impedance of an electric
circuit. Similar to the resonance phenomenon in circuits
and mechanical systems, a Q can be defined by the aver-
age energyW per cycle divided by the energy lost or work
done per cycle, DW:

Q ¼ W
DW

(4)

Large Q’s imply small energy loss; small Q’s imply

large loss. Q is a measure of the area contained in the hys-
teresis loop of a stress–strain cycle. The inverse of
(Equation 4), Q�1, is sometimes simply termed the atten-
uation or internal friction (Knopoff, 1964).

Plane waves of frequency o and propagating in the þ
or � direction can be defined by the phasor expðiot � k

_

tÞ
where k

_

is a complex wave number o
c_ and c_ is a complex

velocity defined from the local density r and complex
modulus G

_

, with

c_ ¼
ffiffiffiffiffi
G
_

r

s
(5)

From the average energy density and loss per cycle of
a complex plane wave, it can be shown that Q ¼ ReðG_Þ
ImðG_Þ .

It is often less confusing to report the reciprocal parameter
Q�1, which represents the usually small perturbations to
perfect elasticity.

The Q�1(o) relaxation spectrum
Since G

_

depends on frequency, Q also depends on fre-
quency. Zener (1960) described the frequency-dependent
effects on an elastic modulus of a solid having a single char-
acteristic time t for the relaxation of stress. A distribution of
relaxation times can be constructed to give a Q�1 having
a general dependence on frequency. The function Q�1(o)
is called the relaxation spectrum. In the Earth and in many
solid materials, the relaxation spectrum is observed to be
slowly varying and nearly constant over a broadband of fre-
quencies. A theoretical requirement is that the attenuation
Q�1 cannot increase faster than o1 or decrease faster than
o�1. Figure 2 shows how a continuous distribution of relax-
ations can produce a Q�1 that is nearly constant with
a frequency over a broadband. Once the limits of an absorp-
tion band are specified, however, it is not possible to have
an arbitrarily high Q�1 (low viscoelastic Q) over an arbi-
trarily broad-frequency band without making an unrealisti-
cally large modulus defect DG. Measured modulus defects
in shear are typically less than 25%.

Velocity dispersion
Although the dispersion in elastic moduli had long been
known and predicted from the theories of viscoelasticity,
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Seismic, Viscoelastic Attenuation, Figure 2 Viscoelastic
dispersion of seismic velocity (top) and attenuation (bottom)
showing a relaxation spectrum constant with frequency
between two corner frequencies.
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Seismic, Viscoelastic Attenuation, Figure 3 Pulse distortion
showing the effects of viscoelastic dispersion for variable
low-frequency corner and peak attenuation.
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it was only widely recognized in seismology when veloc-
ity models determined in the low-frequency band from the
normal modes of the earth (0.0001–0.01 Hz) were com-
pared with velocity models determined in a high-
frequency band (0.1–10 Hz) of body waves (Dziewonski
and Anderson, 1981). The models were found to differ
and the difference was found to agree with the amount of
dispersion predicted from average Q models of the Earth.
For example, since the preliminary reference Earth model
(PREM), was derived from observations of both the travel
times of body waves as well as the eigen frequencies of
free oscillations, it reports velocities referenced at both
0.001 Hz and at 1 Hz.

Anothermore subtle effect of this velocity dispersion can
be seen in the propagation of pulses as bodywaves. A stress
disturbance that propagates from its point of initiation as
a symmetric narrow Gaussian or triangle-shaped function
in time gradually evolves into an asymmetric pulse
(Figure 3). High frequencies traveling faster than low fre-
quencies are preferentially loaded into the front of the pulse
(Futterman, 1962; Carpenter, 1967). Common theories for
the physical mechanism of earthquakes as either frictional
slip on a plane or a propagating crack triggered by tectonic
stress often predict a far-field displacement pulse that has
either a different or opposite form of asymmetry than that
predicted for the effect of viscoelastic attenuation. These dif-
ferences can assist in separating the effects of the source-
time history from the effects of viscoelastic attenuation.

Effects of scattering
Equivalent medium
At frequencies that are so low that wavelengths are much
larger than the characteristic scales of heterogeneity, the
attenuative effects of scattering can usually be neglected.
At sufficiently low frequency, little energy is lost to
scattering, and the medium behaves like an equivalent
medium, having properties that are an average of small-
scale heterogeneities.

Stochastic dispersion
The most complicated domain in which to perform calcu-
lations is where the wavelength is of the order of the scale
length of the heterogeneity (Figure 4). In this domain, the
presence of heterogeneities can profoundly alter the prop-
agation of the wavefield, both the initial cycle of a body
wave pulse as well as the motion immediately following
the initial cycle or coda. The effects of scattering can be
calculated in a one-dimensional medium consisting of thin
planar layers in which the velocity in each layer is assigned
randomly (O’Doherty and Anstey, 1971; Richards and
Menke, 1983). A prediction of such experiments is that
body waves will exhibit a stochastic dispersion in which
high-frequency energy is transferred into the coda follow-
ing the first several cycles. This stochastic dispersion may
have some biasing effects on measures of intrinsic attenu-
ation. In measures of the spectrum taken over a narrow
time window, different results can be obtained, depending
on the length of window analyzed, with less attenuation of
higher frequencies estimated from longer time windows.

Pulse measurements such as width and rise time may
also be biased because higher-frequency energy has been
transferred out of the pulse into the later coda. This behav-
ior is opposite to the effects of intrinsic attenuation on
a propagating pulse, in which higher frequencies arrive
at the beginning of the pulse. A symmetrically shaped
displacement source pulse loses less of its symmetry
as it propagates through the heterogeneous medium
(Figure 5). Anisotropy of the scale lengths of heterogene-
ity can also be important factor (Hong and Wu, 2005),
attenuation being strongest for paths for which the
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Seismic, Viscoelastic Attenuation, Figure 4 Example
heterogeneity in the Earth and the directional dependence of
attenuation of a body wave pulse for wavelengths that are
approximately equal to either the dominant scale length
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Seismic, Viscoelastic Attenuation, Figure 5 Pulse distortion
showing the effects of scattering attenuation for variable scale
lengths and velocity perturbation calculated by Cormier and Li
(2002) using the Dynamic Composite Elastic Modulus
(DYCEM) theory of Kaelin and Johnson (1998).

SEISMIC, VISCOELASTIC ATTENUATION 1283
wavelength is of the order of the characteristic scale length
in the medium in that direction.

Effects of anisotropy
The existence of general anisotropy in the real part of the
elastic modulus has the potential to bias some estimates
of anelastic attenuation from either shear wave pulses or
surface waves. In a medium having general anisotropy,
the decompositions of shear wave motion into SH and
SV motion will each contain the interference of two
orthogonal shear wave polarizations that are neither SH
nor SV (see Shear-Wave Splitting: New Geophysics and
Earthquake Stress-Forecasting). The broadening of the
SH component due to the interference of two quasi-S
waves arriving close in time can bemistaken for the broad-
ening due to anelastic attenuation. The regions of the deep
Earth characterized by the strongest elastic anisotropy are
the upper 400 km of the mantle (Silver, 1996) and the low-
ermost 400 km of the mantle near the core-mantle bound-
ary (Panning and Romanowiz, 2006). The effects of
elastic anisotropy must be removed by combined analysis
of SVand SH components of motion, resolving the polar-
izations of two quasi-S waves, before viscoelastic attenu-
ation can be properly measured.

Measurement and modeling attenuation
Measurements of amplitude of seismic waves may be taken
directly from seismograms or from their frequency spectra.
To measure the attenuation, wemust predict its effects from
a model and vary the parameters of the model to fit the
observed amplitude, amplitude ratio, or waveform. The
effects of intrinsic attenuation in any modeling algorithm
operating in the frequency domain can be simply obtained
by allowing elastic moduli and/propagation velocities to
become complex. Elastic boundary conditions, reflection
and transmission at boundaries, travel times, and ampli-
tudes are calculated exactly as in a non-attenuating solid
but with elastic moduli and associated velocities analyti-
cally continued to complex values. This step of analytic
continuation of real moduli to complex moduli is the same
whether onewishes to predict thewaveform of a bodywave
or surface wave or spectrum of free oscillations. The size of
the imaginary part of the elastic moduli, parameterized by
the value of Q�1as a function of depth and frequency, is
chosen to match an observed waveform, spectrum, ampli-
tude ratio, or spectral ratio.

The attenuation operator for body waves
As an example of these procedures, consider an experi-
ment with body waves. The effects on a body wave
of source radiation, geometric spreading, reflection-
transmission, and intrinsic attenuation are most conve-
niently expressed in the frequency domain by a product
of complex functions. The complex O

_ð~x;oÞ spectrum of
a body wave propagation from a point~xo to a receiver at
~x is

O
_ð~x;oÞ ¼ B

_ð~xo;~x;oÞ S
_ðoÞ A_ðoÞ (6)

The function S
_ðoÞ is the Fourier transform of the
source-time function. B
_ð~xo;~x;oÞ incorporates a product

of reflection-transmission coefficients, reverberations at
source and receiver, geometric spreading, and source radi-
ation pattern. A

_ðoÞ is defined by

A
_ðoÞ ¼ exp½ioT

_ðoÞ� (7)

where T
_ðoÞ is the complex travel time obtained by inte-

grating the reciprocal of complex velocity along a ray or
normal to the wave front of the body wave:

T
_ðoÞ ¼

Z

ray

c
_ðoÞds (8)



1284 SEISMIC, VISCOELASTIC ATTENUATION
For body waves, the dominant effect of attenuation on

amplitude and phase is given by A

_ðoÞ. The effects of atten-
uation on reflection-transmission coefficients and geomet-
ric spreading, which have been lumped into B

_

are much
smaller and can be neglected unless the attenuation is
very large (Q is very small). For Q > > 1, A

_ðoÞ can be
rewritten as

A
_ðoÞ ¼ exp

�o t � ðoÞ
2

	 


exp io Re T
_ð?Þ � H ½t � ðoÞ�

2

	 
� � (9)

where

t � ðoÞ ¼
Z

ray

Q�1

c_ðoÞds (10)

In Equation 9, the attenuation effect is contained in the
factor exp �ot�ðoÞ
2

h i
, and the dispersive effect is in the

factor exp io Re T
_ð?Þ � H ½t�ðoÞ�

2

h in o
. The operator

H is a Hilbert transform. In a band of frequencies in which
Q and t* are nearly constant

H ½t � ðoÞ�=2 ¼ lnðo=o0Þ
p

t � (11)

where o0 is a reference frequency contained in the band
(Liu et al., 1976). The value of Tð?Þ need not be known
and can be replaced by some reference time or predicted
from an Earth model for the phase being analyzed. The
Hilbert transform relation in Equation 11 for the dispersive
phase of A

_ðoÞ says that A_ðoÞ must be a minimum phase
filter in the frequency domain. In general, the Fourier
transform of the source-time function, S

_ðoÞ, is not a min-
imum phase filter, which can help in the separation and
discrimination of the source spectrum from the effects of
A
_ðoÞ in the total expression for the far-field spectrum
O
_ð~x;oÞ.
The phase given by Equation 11 will be accurate only

between and far from the low- and high-frequency corners
of the relaxation spectrum. Accurate representations of
A
_ðoÞ across a broad-frequency band can be obtained for
general relaxation spectra by substituting expressions for
complex velocity c_ðoÞ in Equation 8 obtained by super-
posing multiple Zener relaxations centered on single
relaxation times whose strength is varied to achieve
a desired shape for the relaxation spectrum. A useful
expression for c_ðoÞ that is accurate for all frequencies
across a relaxation spectrum, which is flat between two
corner frequencies, can be derived from formulae for com-
plex modulus given by Minster (1978), and is

c
_ðoÞ ¼ cref ðo0Þ

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1þ 2pQ�1 ln½cðoÞ�p

Re
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1þ 2pQ�1 ln½cðo0Þ�

p (12a)
where

cðoÞ ¼ ioþ 1=t1
ioþ 1=t2

(12b)

with t1 and t2 the relaxation times corresponding to the
low and high frequency corners respectively. cref ðo0Þ is
a real velocity at the reference frequency o0.

Most measurements of attenuation attempt to measure
only the amplitude effect of attenuation through the term
exp½�o t � ðoÞ=2� from the spectral shape of body
waves. There are basically two types of experiments com-
monly reported: matching of (1) spectral decay rates and
(2) spectral ratios. In experiment (1) a shape for the dis-
placement source spectrum

_
SðoÞ is assumed usually to

be a flat level followed by a decay of o�2 above
a corner frequency. The additional decay observed at high
frequencies in data spectra is taken as a measure of t � in
exp½�o t � ðoÞ=2�. In experiment (2), a ratio of two dif-
ferent seismic phases from the same source is observed
in which the source spectrum is assumed to approximately
cancel and the factor related to ratios of geometric spread-
ing and near source and receiver crustal reverberations can
be assumed to contribute a simple constant scalar factor. If
the phases analyzed are recorded at the same receiver and
are incident at nearly the same angles, then crustal rever-
berations at the source and receiver will approximately
cancel. Both types of experiments usually apply some type
of smoothing to the spectra to remove biasing effects of
spectral holes caused by interfering crustal multiples,
source complexities, scattering, and multipathing that are
not included in the simple propagation model. Figure 6
illustrates an attenuation experiment of this type.

Since t* measures only the path-integrated effect of
attenuation, many such experiments for different ray
paths, bottoming at a range of different depths, are needed
to construct a model of Q as a function of depth. Serious
breakdowns in this approach, however, exist for cases in
which the factorization of the observed spectrum into
a product of a geometric spreading, source spectrum, and
crustal effects is no longer accurate. One such case is when
the body waves in question experience frequency-
dependent effects of diffraction near caustics or grazing
incidence to discontinuities. The spectral ratios of PKnKP
waves, for example, are dominated by the effects of fre-
quency-dependent reflection and transmission coeffi-
cients at grazing incidence to the core-mantle boundary.
Instead of decreasing linearly with increasing frequency,
an observed spectral ratio increases with frequency and
exhibits a curvature in a log-log plot, which is consistent
with aQ near infinity (Q�1 = 0) in the other core (Cormier
and Richards, 1976).

It is becoming more common to model and invert for
viscoelastic attenuation parameters in the time domain,
including not only the magnitude of the viscoelastic
attenuation parameter Q�1, but also its frequency
dependence. Examples of such a study are the inversions
for Q�1 in the inner core assuming either a viscoelastic
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Seismic, Viscoelastic Attenuation, Figure 6 The steps (top) to
measure the path-integrated attenuation t* of P waves in the
mantle from a log-log plot (bottom) of stacked PP and P spectra
(APP and AP). The distances of observed P and PP spectra are
chosen such that each turning ray path of PP is identical in shape
and length to that of the single turning ray path of P in the
mantle (Adapted from figures in Warren and Shearer, 2000).
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(Li and Cormier, 2002) or a scattering origin of attenuation
(Cormier and Li, 2002). In these studies, the combined
effects of mantle attenuation and source-time function
were first modeled by fitting P waves observed in the great
circle range 30–90

�
. Attenuation in the liquid outer core

was assumed to be zero. Parameters defining
a viscoelastic relaxation spectrum in the inner core were
then varied to match the observed PKIKP waveforms.
Care must be taken to examine a broad range of attenua-
tion parameters because waveform inversions of this type
are very non-linear.
Free oscillations and surface waves
Measurements of attenuation in the low-frequency band of
the free oscillations of the Earth are conducted in the fre-
quency domain by observing the width of the individual
resonance peaks associated with each mode. These mea-
surements face special problems associated with the
broadening produced by lateral heterogeneity of elastic
Earth structure. This heterogeneity splits the degenerate
modes of a radially symmetric Earth, making a set of
modes that would have the same frequency have slightly
different frequencies. The slightly different frequencies
of the split modes may not be easily resolved in the data
spectra and can be confused with the broadening of
a single resonance peak of a mode caused by attenuation.

Lateral heterogeneity also complicates themeasurement
of viscoelastic attenuation of surface waves. Heterogeneity
introduces focusing, defocusing, and multipathing, all
of which must be accurately modeled to understand the
separate attenuative effects of viscoelasticity.

The frequency band of free-oscillation and surface
waves (0.001–0.1 Hz), however, offers the best hope of
obtaining radially symmetric whole-Earth models of
viscoelastic attenuation in this frequency band. This is
because lateral variations in attenuation structure are aver-
aged by the gravest modes of oscillation and surface
waves that make multiple circuits around the Earth. Com-
putational advances have made the division between free-
oscillation and surface wave studies fuzzier, with common
approaches now amounting to time-domain modeling of
complete low-frequency (<0.1 Hz) seismograms for com-
bined three-dimensional models of viscoelasticity and
heterogeneity.

Numerical modeling
Fully numerical modeling of the seismic wavefield allows
the combined effects of heterogeneity and viscoelasticity
in three-dimensions to be predicted. If the numerical tech-
nique is formulated in the frequency domain, substituting
a complex velocity for an assumed relaxation spectrum
can incorporate viscoelastic attenuation.

If the technique is formulated in the time domain by
a finite difference approach, it is neither simple nor effi-
cient to incorporate attenuation by convolution of the
wavefield calculated in a non-attenuating medium with
an attenuation operator AðtÞ for individual waves propa-
gating in the attenuating medium, where AðtÞ is the Fou-
rier transform of A

_ðoÞ defined in Equation 9. Instead,
time-domain memory functions can be defined to describe
a viscoelastic relaxation (Robertsson et al., 1994; Blanch
et al., 1995) that can be integrated over time simulta-
neously with the equations describing particle velocity or
displacement and stress. In practice, only three-memory
functions, distributed evenly over the logarithm of their
characteristic times, are required to simulate a broad fre-
quency band in which Q�1 varies slowly.

Interpretation of attenuation measurements in
the earth
Shear versus bulk attenuation
In the most general theory of viscoleasticity, it is possible
to have with energy loss to occur during both a cycle of
volumetric strain as well as shear strain. Since the velocity
of a P wave depends on both the bulk and shear moduli,
the attenuation Q�1

P of a P wave can be written as
a linear combination of the attenuations Q�1

K and Q�1
S

defined from complex shear and bulk moduli:

Q�1
P ¼ LQ�1

S þ ð1� LÞ Q�1
K (13)

where ð4=3ÞðVS=VPÞ2 and VP and VS are the compres-
sional and shear velocities respectively (Anderson,
1989). Although plausible mechanisms for defects in bulk
moduli have been found in both laboratory measurements
and analytic models of specific attenuation mechanisms,
measurements on real data find that bulk dissipation in
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Seismic, Viscoelastic Attenuation, Figure 8 Path-integrated
attenuation t* of S waves in the mantle as a function of
frequency determined from modeling broadband shear waves
predicted from the frequency and depth-dependent
attenuation model shown in Figure 7 (Choy and Cormier, 1986).
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the earth is small and, in most cases, can be neglected. One
exception may occur when the pressure and temperature
state in a narrow depth regions of the earth are close
to those near a phase transition, either solid–liquid
(Stevenson, 1983) or solid–solid (Ricard and Chambat,
2009). Except for these regions, intrinsic attenuation
occurs almost entirely in shear, associated with lateral
movement of lattice defects, grain boundaries and/or
fluids rather than with changes in material volume. Hence,
for viscoelastic attenuation purely in shear in a Poisson
solid, for which VP ¼ ffiffiffi

3
p

VS ,

Q�1
P ¼ 4

9
Q�1

s (14)

and the parameter for path-integrated attenuation of
S waves or t�S is approximately 4 t�P. Most experiments
confirm these values. There is a suggestion, however, that
the apparentQ�1

P tends to approachQ�1
S and t�S < 4 t�P

at frequencies higher than 1 Hz. These observations are
likely evidence of scattering rather than of bulk attenua-
tion because the effects of scattering increase at higher
frequencies. With scattering, the apparent Q�1

S tends to
approach the apparentQ�1

P , especially when they are mea-
sured from pulse widths or spectra taken in a frequency
band and medium for which wavelengths are of the order
of richest heterogeneity scale lengths of the medium.
Thus, the assumption of viscoelastic attenuation occurring
mainly in shear can aid in separating the effects of scatter-
ing from intrinsic attenuation in body wave pulses.

Frequency dependence
When the results of attenuation measurements determined
from free-oscillations and body waves in the
0.0001–0.1 Hz band began to be compared with observa-
tions of body wave spectra in the 1–10 Hz band, it became
apparent that even under the assumption of a white source
spectrum that an increase in Q with frequency was neces-
sary to explain the amplitude of spectra in the 1–10 Hz
band.

Thermal activation
Frequency dependence of viscoelastic attenuation has
been interpreted in terms of physical mechanisms of atten-
uation that are thermally activated. In these mechanisms,
the low-frequency corner fL is tied to a relaxation time
tL, where fL ¼ 1=ð2 p tLÞ. The time tL depends on
temperature T and pressure P as follows:

tL ¼ t0 exp
E � þPV�

RT

� �
(15)

where E* and V* are the activation energy and volume,
respectively. Both the low- and high-frequency corners
( fL, fH ) of an absorption band are assumed to be similarly
affected, temperature and pressure acting to slide the
absorption band through a band of frequencies. A typical
width to expect for the relaxation spectrum of the mantle
is about 5 orders of magnitude in frequency,
tL=tH ¼ 105 (Minster and Anderson, 1981; Anderson
and Given, 1982). A simplified model of an absorption
band with depth in the earth’s mantle is shown in Figure 7.
The movement of the absorption band toward lower fre-
quencies longer periods in the mantle below 400 km depth
is consistent with the type of behavior shown in Figure 8
for the t�S measured from shear waves of an earthquake.
The difference in the location of the absorption band with
respect to the band of seismic frequencies is consistent
with models of the temperature and pressure profiles of
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the Earth’s mantle for specific values of E* and V*. Relax-
ation times are also affected by the grain size of minerals,
which may increase from millimeter to centimeter in the
upper 400 km of the mantle (Faul and Jackson, 2005).
A rapid increase in temperature with depth can rapidly
change the location of the absorption band with respect
to the seismic band. Given a specific temperature profile,
estimated values of the activation energy and volume,
and grain size, a combined shear velocity and QS profile
can be predicted and modified to fit an observed shear
velocity profile.

Regional variations
Romanowicz and Mitchell (2007) review and interpret
both global and many regional variations in intrinsic atten-
uation, including correlations with velocity perturbations.
Tomographic images of perturbations to seismic velocities
and attenuations in the mantle can qualitatively be
interpreted as images of lateral temperature variations,
leaving open the possibility of additional contributions
to the observed heterogeneity from chemical variations.
In the upper mantle, tectonically active regions overlain
by radiogenically younger crust are more attenuating than
the mantle underlying inactive regions such as continental
shields (Figure 9). The shape of the frequency dependence
across the seismic band seems to remain similar in differ-
ent regions, although the Q at a given frequency is lower
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−0.005 0.0050.000

dQ−1
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100 k
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Seismic, Viscoelastic Attenuation, Figure 9 Inverted upper mantl
Dalton et al., 2009).
for a tectonically young region than for an older shield
region. Although motion of interstitial water and partial
melt can produce high attenuation, grain boundary and
defect mechanisms in a dry mantle have been shown to
be equally effective in explaining regions of high attenua-
tion in the upper mantle, except possibly behind island
arcs and directly beneath active spreading ridges (Karato
and Jung, 1998; Faul and Jackson, 2005).

Generally, perturbations in attenuation Q�1 inversely
correlate with those in shear wave velocity (Roth et al.,
2000). The correlations between shear velocity and shear
attenuation appear to be consistent with thermal activa-
tion, in which the dispersive effect of attenuation acts
jointly with variations in the high-frequency corner of
the mantle relaxation spectrum to produce the observed
variations in travel time and frequency content. Deep
chemical differences between the upper mantle beneath
shields and that beneath young continents and oceans as
well as in the deep mantle, however, have been suggested
by comparing anomalies in shear velocity versus bulk

velocity VK , where VK ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
V 2
P � ð4=3ÞV 2

S

q
. Milder lateral

temperature differences in the mid- and lower mantle tend
to make the relaxation spectrum more laterally stable in
height, width, and location within a frequency band,
reducing the observed lateral heterogeneity in velocity
and attenuation in these regions.
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m

m

S362ANI

−6 6−4 4−2 20

dv/v (%)

−2 20

e shear velocity perturbations and shear attenuation. (From



1288 SEISMIC, VISCOELASTIC ATTENUATION
Global models of attenuation (e.g., Gung and
Romanowicz, 2004) often do not have the resolving
power to detect spatially concentrated regions of high
attenuation and sharp spatial gradients found in regional
studies beneath and near island arcs, mid-ocean spreading
ridges, and hot mantle plumes. The dense path coverage
required of higher-frequency (0.1–2 Hz) body waves to
resolve smaller spatial scales usually is lacking, except
in regions containing dense seismic networks. Even larger
scale, long-established lateral variations, such as high
attenuation west of the Rocky Mountains in North
America and low-attenuation east (Der et al., 1982), are
not very apparent in some global studies (Warren and
Shearer, 2002).

Strain dependence
Laboratory measurements of Q in rocks find dependence
in strain beginning at strains of about 10�6. The strain
dependence decreases with increasing confining pressure.
The Q is also strongly dependent on moisture and intersti-
tial fluids between cracks in rocks and grain boundaries
and soils. These observations are consistent with
a physical mechanism of frictional sliding across cracks.
Unlike viscoelastic relaxations, which are representative
of all linear mechanisms, frictional sliding is an inherently
non-linear mechanism, depending on strain amplitude.

Estimates, when non-linear effects occur, may be made
by calculating the strain associated with the seismic wave
being analyzed. A rough estimate can be obtained by
assuming that the wave front is a plane wave and dividing
the particle velocity by the propagation velocity. For exam-
ple, the particle velocities of body waves observed in strong
ground motion recordings from 0 km to 10 km from the
hypocenter of a magnitude 6 earthquake are typically
0.01 m/s. If the body wave propagates at 3 km/s, the strain
observed at the strong ground motion site is roughly
0.01m/s divided by 3� 103m/s or strain = 3.3�10�5. This
value is likely to be in the non-linear regime of surficial
rocks having open cracks or pores. In this strain regime, it
becomes important to solve the elastic equation of motion
with non-linear terms in its rheology (Bonilla et al., 2005),
including terms proportional to the square of strain.

Summary
The intrinsic attenuation of seismic waves in the earth has
been found to be consistent with loss mechanisms that are
thermally activated. The observed regional and frequency
dependences of seismic Q agree with the expected lateral
variations in a geotherm having a rapid temperature
increase in the upper 400 km of the mantle, followed by
a slower vertical and lateral variation in the mid- and lower
mantle. High velocities correlate with regions of low
attenuation; low seismic velocities correlate with regions
of high attenuation. Measurements are consistent with
losses primarily in shear rather than bulk deformations.

The existence of lateral heterogeneity in the elastic
properties of the Earth complicates the measurement of
viscoelastic properties. The longer scale lengths of hetero-
geneity can split modes of free oscillation and focus and
defocus body waves and surface waves. Shorter scale
lengths scatter seismic energy, broaden the waveforms of
body waves, and redistribute energy into different time
and angular windows. Observations that are useful for dis-
criminating between the effects of scattering attenuation
versus viscoelastic attenuation include the ratio of appar-
ent P wave attenuation to apparent S wave attenuation,
the rate of velocity dispersion within a frequency band,
and the apparent viscoelastic modulus defect. The inten-
sity of heterogeneity in percent fluctuation of velocities
and densities is higher at shorter scale lengths at shallower
depths in the Earth’s crust and upper mantle. There is still
a need for experiments that determine finer details of how
the distribution of heterogeneity changes with depth and
lateral location in the Earth and its anisotropy of scale
lengths. Many, if not most experiments, have not
completely removed the effects of heterogeneity on the
apparent attenuation, making their results an upper bound
on the viscoelastic Q�1.

Laboratory experiments find a transition from linear to
non-linear rheology at strains of the order of 10�6. The
observed strain dependence of Q and its dependence on
pressure in the shallow crust agree with a mechanism of
frictional sliding of cracks. It is still unknown how and
at what strain levels linear superposition begins to break
down close to a seismic source.

Although a consensus has been reached on the major
features and thermal activation of intrinsic attenuation in
most of the Earth’s upper mantle, this is less true of other
deep regions of the Earth. Definitive experiments are still
needed for the determination of Q�1 in the lowermost
400 km of the mantle, where increased lateral heterogene-
ity exists across a broad spatial spectrum, complicating the
separation of its effects from those of viscoelasticity.
A concept unifying lateral variations in velocity, elastic
anisotropy, scattering, and apparent attenuation in the
uppermost inner core is needed (e.g., Calvet andMargerin,
2008).
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Synonyms
Waveform inversion
Definition
Tomography. An inversion method to produce slicing
image of the internal structures of an object, by recording
wavefield propagating through and scattered/refracted/
reflected back from the object, and observing the differ-
ence in the effects on the wave energy impinging on those
structures.
Introduction
Waveform tomography is an imaging technology using
seismic data to reconstruct the Earth subsurface physical
properties, represented by seismic velocity, attenuation
coefficient, etc. It is usually formulated as an inverse prob-
lem. Many seismic tomography methods use the arrival
time information extracted from the waveform recordings
as the input data to an inversion process. These methods
are generically referred to as travel time tomography.
Comparing to travel time tomography, waveform tomog-
raphy has at least two major features. First, the input data
consist of the seismic waveforms themselves, as opposed
to travel times, amplitudes, or some other secondary attri-
butes of the recorded data. This makes waveform tomog-
raphy have a better resolution than travel time
tomography. Secondly, the underlying numerical method
is based on the full wave equation, as opposed to a ray
approximation or a Born approximation. This makes
waveform tomography more accurate than the travel time
counterpart. These two features also make the inverse
problem of waveform tomography more difficult to solve.

However, as field seismic data usually lack low-
frequency information, travel time tomography may pro-
vide a reliable starting model for the iterative waveform
inversion (Pratt et al., 2002). If waveform tomography is
implemented in the frequency domain, the inversion pro-
cess proceeds from low to high-frequency components.
In the time domain, a band-pass filter can be applied to
the seismic data, and inversion uses band-pass filtered data
with low frequencies first and proceeds to higher frequen-
cies. Even for the frequency-domain implementation, in
order to suppress the low signal-to-noise ratio effect of fre-
quency data and to make the inversion procedure robust,
waveform tomography usually uses a group of frequencies
simultaneously in an iterative inversion, and proceeds
from low to high-frequency groups, generating a high-
resolution image of the subsurface model.

Waveform tomography has been used successfully on
transmission data, such as crosshole seismic data, and to
wide-angle reflection/refraction seismic data with a cer-
tain degree of success. It has also been used for regional-
scale studies on the crustal and upper mantle velocity
structure, using scattering waves, surface waves and
SH-waves from either exploration seismics or broad-band
teleseismograms. In addition, there is a good progress
on its application to reflection-seismic data with limited
source-receiver offsets (Wang and Rao, 2009). The seis-
mic reflection method is a routine practice in the hydrocar-
bon exploration, and the data dominated by the pre-critical
reflection energy, reflected back from subsurface contrasts
in physical parameters, are well suited for seismic migra-
tion for the structural image. Applying the waveform
tomography technique to these reflection data can quanti-
tatively extract the geophysical parameters, for identifying
different lithologies and different fracture character-
istics and even for indicating the hydrocarbon distribu-
tion directly.
Waveform modeling
Seismic wave propagation satisfies both Newton’s second
law and Hook’s law, and can be expressed by the follow-
ing five simultaneous first-order differential equations in
two-dimensional case:
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where u and w are the particle-velocity components in the
horizontal and vertical directions, respectively, txx, txz and
tzz are stress components, r is density, and

c11 c13 c15
c31 c33 c35
c51 c53 c55

2
4

3
5 (2)

are the elastic constants in Hook’s law relating stress to
strain in the two-dimensional case. The first two equations
are derived from Newton’s second law, and the last three
from Hooke’s law for an elastic medium. Eliminating
stress components, these five simultaneous equations can
be coupled into two equations,
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defined in terms of horizontal and vertical wave compo-
nents u and w. These equations are valid for the Earth
media with arbitrary anisotropy and heterogeneity.

In the forward modeling of seismic wave propagation
based upon either five or two simultaneous equations, there
has been steady development in the finite-difference
implementations. As the time derivatives are approxi-
mated by @u=@t � ðuiþ1 � uiÞ=Dt and @2u=@t2 �
ðuiþ1 � 2ui þ ui�1Þ=Dt2, where i is the time index,
ti ¼ iDt, and Dt is the step size in time, the wavefield at
the current time can be calculated based on the previous
wavefield: uiþ1 ¼ f ðuiÞ or uiþ1 ¼ f ui; ui�1ð Þ; it is therefore
an explicit finite-difference scheme (Alford et al., 1974;
Kelly et al., 1976). For the spatial derivatives, a second-
order staggered grid scheme for numerical stability was
proposed by Virieux (1986), and was extended to a fourth-
order scheme for greater accuracy by Levander (1988).

In the frequency domain, the two simultaneous equa-
tions become
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where o is the angular frequency. This system of wave
equations can be solved in parallel for individual frequen-
cies, using also a finite-difference method. Once all
frequency components of the wavefield at any spatial
position are obtained, performing inverse Fourier trans-
form with respect to the frequency variable will produce
the time-domain seismic trace at this location.

However, the frequency-domain implementation is
much more time consuming, compared to its counterpart
in the time domain. This is because the frequency-domain
calculation involves the solution of linear algebraic equa-
tions as the follows. With a finite-differencing scheme,
Equation 4 may be presented in a matrix form as

Mu ¼ s; (5)

whereM is a matrix approximating the partial differential
operators, u is a vector representing the two components
of the wavefield at all grids, and s is a vector representing
the source term, which is zero everywhere except at the
location of the source (added to the right-hand side of
the wave equations). To obtain wavefield u, one needs to
solve the linear algebraic equation system 5, that is, to
solve the inverse matrix, M�1. It is therefore an implicit
finite-difference scheme.

The matrix M represents a significant storage require-
ment, which is largely determined by the numerical band-
width of M and by the manner in which the structural
sparsity of the matrix is maintained in any solution
method. The bandwidth of the differencing matrix is
determined by the number of nodes needed for a spatial
derivative. For example, for a second-order finite-
differencing, a first derivative needs 3� 3 nodes, and for
a fourth-order 5� 5 nodes. A minimal, rotated computa-
tional star is a scheme that can minimize the bandwidth
of the matrix and meanwhile improve the accuracy for
finite-difference modeling. It does not require any new
grid points as used in a second-order finite-differencing
but can produce an equivalent of fourth-order accuracy
in finite-differencing (Štekl and Pratt, 1998). As shown
in Figure 1, the ○ symbol represents the five nodes
needed in second-order finite-differencing of a first deriv-
ative, and the 
 symbol represents the five nodes in a 45�
rotated finite-differencing star. Coupling these two sec-
ond-order finite-differencing stars does not use additional
points outside the 3� 3 nodes, and there will be no
increase in the numerical bandwidth of the differencing
matrix. Therefore, the increment in computational cost
and storage requirement over the ordinary second-order
scheme is negligible.

In a rotated coordinate system, the elastic constants (2)
become
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where the rotation operator is
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Seismic, Waveform Modeling and Tomography, Figure 1 The
minimal, rotated computational star for finite-difference
modeling. The symbol ○ represents the only five
nodes required in the ordinary, second-order finite-differencing
star. The symbol 
 represents the five nodes in
a rotated computational star. The combination of these two
stars indicates the coupling of the central node to the nearest
neighbors on the grid. The final star does not use additional
points outside the 3� 3 nodes, but coupling includes those
nodes not presented in the original star.
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B ¼
cos2y sin2y 2 sin y cos y
sin2y cos2y 2 sin y cos y
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2
4

3
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and y is rotated angle of new coordinate. Considering
a special case of 45� rotation, where the rotated coordinate
system is (x 0, z 0) and displacements are (u 0, w 0) in the
rotated coordinate system, Equation 4 becomes

o2ru0 þ @

@x0
c11

0 @u
0

@x0
þ c15

0 @w
0

@x0

� �
þ @

@x0
c15
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@z0
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0

@z0

� �

þ @
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0 @w
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@x0

� �
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@z0
c55

0 @u
0
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0 @w
0

@z0

� �
¼ 0;
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0 @u
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0

@x0

� �
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� �
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þ c35
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0

@x0

� �
þ @

@z0
c35

0 @u
0

@z0
þ c33

0 @w
0

@z0

� �
¼ 0:

(8)
The relationship between displacements (u 0, w 0) in the
rotated coordinate system and (u,w) in the original coordi-
nate system is given by

u ¼ 1ffiffiffi
2

p ðu0 � w0Þ; w ¼ 1ffiffiffi
2

p ðu0 þ w0Þ: (9)

By subtracting and adding two equations in Equation 8

and then using relations in Equation 9, one can obtain
o2ruþ 1
2

@

@x0
ðc110 � c51

0 � c15
0 þ c55

0Þ @u
@x0

�
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0 � c55
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@x0

�
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�
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�
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�
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�
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@z0

�
¼ 0:

(10)

Now there are two systems of partial differential

equations:

ro2uþ A1 ¼ 0;

ro2wþ B1 ¼ 0;
and

ro2uþ A2 ¼ 0;

ro2wþ B2 ¼ 0;
(11)

where A1 and B1 are the partial differential parts of Equa-
tion 4 in the original coordinate system, and A2 and B2 are
the partial differential parts of equation system 10 in the
rotated coordinate system. The two systems can be com-
bined to as

ro2uþ aA1 þ ð1� aÞA2 ¼ 0;

ro2wþ aB1 þ ð1� aÞB2 ¼ 0;
(12)
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where a is an optimal real-valued coefficient that must be
sought to maximize the accuracy of the solution for all
propagation directions.

While it is feasible to calculate the inverse matrix M�1

for a small, 2D model, in many practical problems such as
3D seismic modeling, the system Mu ¼ s with a large,
sparse matrix is solved iteratively rather than directly. An
approximate solution ~u is first obtained by solving using
a related, preconditioning matrix. This preconditioner is
chosen such that it is related to the true matrix, but is much
faster to invert. The approximate solution ~u from the
preconditioner is then substituted into the true matrix
equation to discover the effective source, ~s ¼ M~u. The
difference s� ~s between this effective source and the true
source can then be treated as an actual source for the next
iteration. The final solution u to the original matrix equa-
tion is found if the difference is sufficiently small (Warner
et al., 2008).

Figure 2 shows the snapshot of wave propagation
through an anisotropic medium. The elastic coefficients
are summarized as

c11 ¼ 29:26; c33 ¼ 23:98; c55 ¼ 4:29;
c13 ¼ c31 ¼ 17:27; c15 ¼ c51 ¼ 1:98;

c35 ¼ c53 ¼ 2:53 Gpað Þ;
and the density of the medium is a constant of 2.5 g/cm3.
The source is a Ricker wavelet with dominate frequency
of 10 Hz. The snapshot shows clearly qP-wave front prop-
agating in difference directions with different velocities.
S-wave front can also been observed in these figures.

Waveform modeling uses an elastic wave equation,
for the generality, and produces a wavefield presented
as particle-velocity components. In a homogeneous,
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component and (b) vertical component.
isotropic media, c11 ¼ c33 ¼ lþ 2m, c13 ¼ c31 ¼ l and
c55 ¼ m, where l and m are Lamé parameters, and
c15 ¼ c51 ¼ c35 ¼ c53 ¼ 0: In an acoustic assumption,
c11 ¼ c33 ¼ c13 ¼ l and c55 ¼ c15 ¼ c35 ¼ 0. With the
acoustic assumption, most field seismic records are pres-
sure data. According to Newton’s second law, the relation-
ship between particle velocity (u, w) and pressure P is

r
@u
@t

¼ � @P
@x

; r
@w
@t

¼ � @P
@z

: (13)
Inverse method
Seismic waveform tomography is an inverse problemwith
an objective function defined by

jðmÞ ¼ PðmÞ � Pobs½ �HC�1
D PðmÞ � Pobs½ �

þ m m�m0½ �HC�1
M m�m0½ �;

(14)

where m0 is a reference model, m is the model to invert
for, PðmÞ is a modeled data set based on model m, Pobs
is an observed data set, CD is the data covariance matrix
with units of (data)2, defining the uncertainties in the data
set, CM is the model covariance matrix with units of
(model parameter)2, and m is a scalar that controls the rel-
ative weights of the data fitting term and the model con-
straint in the objective function. In Equation 14, the
superscript H denotes the complex conjugate transpose.

For minimizing the objective function, a gradient
method can be used. It starts with the differentiation of
the objective function with respect to the model
parameters:

@j
@m

¼ 2ðFHC�1
D dPþ mC�1

M dmÞ; (15)
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where dm ¼ m�m0 is the model perturbation,
dP ¼ PðmÞ � Pobs is the data residual, and F is a matrix
of the Fréchet derivative of PðmÞwith respect to the model
m:The first term in Equation 15 is the gradient direction of
the data misfit:

ĝ ¼ FHC�1
D dP ¼ FHdP̂; (16)

where dP̂ ¼ C�1
D dP is a weighted data residual. Set

@j=@m ¼ 0 in Equation 15, one obtains the following
equation

dm ¼ �aCMĝ; (17)

where a is a update step length that needs to be
determined.

In order to evaluate the gradient ĝ using Equation 16,
one needs to know the Fréchet matrix F, which is obtained
from the following linear formula,

dP ¼ Fdm: (18)

This is the first term in a Taylor’s series for dP and

relates the data perturbation dP to the model perturbation
dm. However, a direct computation of ½F�ij ¼ @Pi @mj

�
is

a formidable task when Pi are seismic waveforms. The
action of matrix FH on the weighted data residual vector
dP̂ (Equation 16) can be computed by a series of forward
modeling steps, summarized as follows (Lailly, 1984;
Tarantola, 1984, 1987).

The frequency-domain acoustic wave equation for
a constant density medium with velocity c0ðrÞ is

H2 þ o2

c20ðrÞ
� �

P0ðr;oÞ ¼ �SðoÞdðr� r0Þ; (19)

where r is the position vector, r0 locates the source posi-
tion, SðoÞ is the source signature of frequency o, and
P0ðr;oÞ is the (pressure) wavefield of this frequency
and we drop off the frequency reference in the following
discussion. If the velocity is perturbed by a small amount,
dcðrÞ << c0ðrÞ; that is, c0ðrÞ ! cðrÞ ¼ c0ðrÞ þ dcðrÞ,
then the total wavefield is correspondingly perturbed to
P0ðrÞ ! PðrÞ ¼ P0ðrÞ þ dPðrÞ: Following wave Equa-
tion 19, dP approximately satisfies

H2 þ o2

c20ðrÞ
� �

dPðrÞ ¼ 2o2P0ðrÞ dcðrÞ
c30ðrÞ

: (20)

Considering 2o2P ðrÞdcðrÞ=c3ðrÞ, the term on the
0 0
right-hand side, as a series of “virtual sources” over r;
the integral solution for dPðrÞ can be expressed as

dPðrÞ ¼ �
Z

O

dcðr0Þ 2o2

c30ðr0Þ
P0ðr0ÞGðr; r0Þdr0; (21)

where Gðr; r0Þ is the Green’s function for the response at
r to a point source at r0 for the original velocity field.
Note that in the acoustic case where one assumes density
to be constant, and defines the model by the velocity
field only, m � c: Then comparing Equation 21 against
the matrix-vector form of Equation 18, we see that the
Fréchet matrix is defined with element, Fðr; r0Þ ¼
�½2o2=c30ðr0Þ�P0ðr0ÞGðr; r0Þ: Substituting this Fréchet
kernel into Equation 16, one obtains

ĝðrÞ ¼ 2o2

c30ðrÞ
� �� Z

D

P�
0ðr0ÞG�ðr; r0ÞdP̂ðr0Þ: (22)
Replacing the integral over the data space with
a summation over source and receiver pairs, denoted by
s and g respectively, as the source and receiver position
are inherently discrete and finite in number, one can obtain

ĝðrÞ ¼ 2o2

c30ðrÞ
� ��X

s

P�
0ðr; rsÞ

X
g

G�ðr; rgÞdP̂ðrg; rsÞ
 !

¼ 2o2

c30ðrÞ
� ��X

s

P�
0ðr; rsÞP�

bðr; rsÞ
� �

;

(23)
where

Pbðr; rsÞ ¼
X
g

Gðr; rgÞdP̂�ðrg; rsÞ (24)

representing the wavefield generated by a series of virtual
�
sources dP̂ ðrgÞ, corresponding to a single source rs. Note

that wavefield Pbðr; rsÞ is not calculated directly from
Equation 24, but is computed using the same forward
modeling scheme as used for the wave Equation 19 with
the virtual sources dP̂�ðrgÞ, a procedure often referred to
as data residual back-propagation.

In summary, waveform tomography is performed itera-
tively. For each iteration, the inversion procedure may be
divided into four steps:

1. For a given model estimate, calculating the synthetic
wavefield P0ðr; rsÞ at space position r corresponding
to a source point at rs

2. Using the weighted data residual dP̂ ¼ C�1
D dP as vir-

tual sources to generate a so-called back-propagation
wavefield Pbðr; rsÞ

3. Crosscorrelation of the original wavefield P0ðr; rsÞ and
the back-propagation wavefield Pbðr; rsÞ to get the gra-
dient direction g ¼ CMĝ, where CM is the model
covariance matrix with units of (model parameter)2

4. Estimating the model update dm ¼ �ag, where a is
the optimal step length that can be found by using the
linear approximation or simply line search for
a minimum of the objective function.

In a time-domain implementation of waveform inver-
sion, the gradient direction is calculated by

ĝðrÞ ¼ 2

c30ðrÞ
X
s

Z
@

@t
p0ðr; rsÞ @

@t
pbðr; rsÞ

� �
dt;

(25)
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where @p0ðr; rsÞ=@t denotes the time derivative of the
time-domain forward propagated wavefields, and
@pbðr; rsÞ=@t is the time derivative of the back-projected
residual waveforms in the time domain. Zero-leg correla-
tion of these two wavefields provides us the gradient
direction for model updating.
Strategies for choosing frequencies
When dealing with real seismic data, poor signal-to-noise
ratio of data slices in the frequency domain is a problem at
least that affects waveform tomography. For real data
application, a group of frequencies is necessarily used
simultaneously for each individual iteration in the inver-
sion procedure (Pratt and Shipp, 1999; Wang and Rao,
2006). Simultaneously using neighboring frequencies
from the same spatial imaging position may have an aver-
aging effect that suppresses the data noise to the input of
the inversion. For a fixed number of model parameters to
invert for, using many more data samples in the inversion
means that the inverse problem becomes much better
determined.

Here is a real data example of crosshole geometry, with
two experiments to combat the noise in real data. In the
first experiment, we use all selected frequencies
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Seismic, Waveform Modeling and Tomography, Figure 3 Wavefo
of frequencies simultaneously. (a) The inversion is executed by eac
selected frequencies between 190 and 480 Hz (with 5 Hz interval).
executed one group by one group in sequence. The image after usin
consecutively (190, 195, 200, 205, . . . , 485 Hz). We start
with the initial model generated from travel time inver-
sion, and invert the 190 Hz data component first. Then,
we switch to a higher frequency component (195 Hz) of
the data as the inversion progresses. The result from each
lower frequency is used as the starting model for the next
higher frequency inversion. At each frequency stage, three
iterations are carried out. Figure 3a shows the
reconstructed image after using all 60 selected frequencies
between 190 and 480 Hz with 5 Hz interval.

In the second experiment, we use a group of five neigh-
boring frequencies simultaneously in the inversion. The
60 selected frequencies are assigned into 12 groups with
increasing frequency contents. The result from each lower
frequency group is used as the starting model for the inver-
sion of the next higher frequency group. This strategy
might mitigate the nonlinearity of the problem: For lower
frequencies, the method is more tolerant of velocity errors,
as these are less likely to lead to errors of more than a half-
cycle in the waveforms (Pratt and Shipp, 1999). For each
group, three iterations are carried out, proceeding through
all groups. For each iteration, the gradient of each fre-
quency group is computed using all five frequencies
simultaneously. Figure 3b shows the tomographic image
after using all of 12 frequency groups consecutively.
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coverage of the vertical wave numbers corresponding to 11
selected frequencies for an example waveform tomography.
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Comparing the images of those two experiments, one
can observe that Figure 3a is marked by the presence of
some X-shaped artifacts that cross the image. Such arti-
facts are quite often obtained in crosshole tomography,
especially when waveform inversion is attempted. It is
due to the non-uniform coverage of the object spectrum
and the lack of information about the object spectrum in
certain directions (Wu and Toksöz, 1987). When using
multiple frequencies simultaneously, the inherent filtering
(smoothing) effect might have an extrapolation effect of
the object spectrum to the blind area. The second experi-
ment has much fewer artifacts, and the image is smoother
and more continuous than that of experiment one, espe-
cially at the 2,800–2,950 m portions. We recommend
using the strategy of the second experiment in practice
so that we can also mitigate the data noise effectively in
the input of waveform tomography.

The computation time of the frequency-domain wave-
form tomography is linearly proportional to the total num-
ber of temporal frequencies used in the inversion. In
reflection geometry, source-receiver pairs vary with differ-
ent offsets and move along the surface. One may explore
this coverage of a variety of plane-wave imaging direc-
tions, to reduce the number of frequencies needed in
waveform tomography (Sirgue and Pratt, 2004). The fre-
quency selection strategy is

fnþ1 ¼ fn
cosf

; (26)

where fn is the frequency previously used, fnþ1 is a new fre-
quency for inversion, and cosf ¼ z=

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
h2max þ z2

p
is the

cosine of the reflection angle, corresponding to themaximum
value of the half source-receiver offset hmax and the target
depth z. This strategy eliminates some frequencies but has
a continuous coverage on vertical wave number kz; as

kzminð fnþ1Þ ¼ kzmaxð fnÞ; (27)

where

kzmax ¼
2f
c0

; kzmin ¼
2f
c0

cosf; (28)

and c0=2 are half of the background velocity. Figure 4
illustrates the wave number coverage corresponding to
the selected frequencies in a waveform tomography exam-
ple (Wang and Rao, 2009). For a model with
hmax ¼ 2; 275m, z ¼ 2; 800m and cosf � 0:776, the
following 11 frequencies, 2.7, 3.4, 4.4, 5.7, 7.3, 9.4,
12.0, 15.5, 20.0, 25.7, and 30.0 Hz, may be selected. In
this list, the dominant frequency 20 Hz is included in the
inversion, and the last frequency is fmax ¼ 30Hz, due to
the limitation of finite-difference modeling, which is less
than the predicted value of 33.1 Hz.

On the other hand, if assuming there is no source-
receiver offset coverage to be exploited, adequate wave
number samples are needed in order to obtain
a sufficiently good image in the model space. In this case,
the sampling rate should satisfy the anti-aliasing condi-
tion, Dkz � 1=zmax, where zmax is the maximum depth to
be imaged, and Dkz is the sampling rate of the vertical
wave number. Given the minimum value of the vertical
wave number at frequency f by Equation 28, the difference
between two neighboring wave number samples is

Dkz � kzminð f þ Df Þ � kzminðf Þ ¼ 2 cosf
Df
c0

� 1
zmax

:

(29)

Finally, the following anti-aliasing condition for fre-

quency sampling is obtained:

Df � c0
2zmax cosf

: (30)

In this example, Df ¼ 0:3Hz.

Waveform tomography proceeds sequentially from low

to high frequencies (Sirgue and Pratt, 2004; Pratt, 2008).
This is because the nonlinearity of the inverse problem
depends on the frequency of the data. As the misfit function
at low frequencies is more linear than at high frequencies,
the low-frequency inversion will have a better chance to
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Figure 5 An example profile of marine seismic data, which
shows the structure along a section. However, the input to
waveform tomography is a series of shot records, which should
be subject to some necessary processing.

SEISMIC, WAVEFORM MODELING AND TOMOGRAPHY 1297
be successful and can accurately recover the lowwave num-
ber components of the velocity model. The velocity model
with accurate low wave number components is a good ini-
tial model for higher frequency inversions. At low frequen-
cies, coarser grids can be used for computing numerical
solutions of the wave equation than at high frequencies,
resulting in a computational efficiency. This is a so-called
multiscale approach (Bunks et al., 1995).

The multiscale approach can also be implemented in
the time-domain waveform tomography (Boonyasiriwat
et al., 2009). In the frequency domain, it is straightforward
to apply the multiscale method, as a single frequency com-
ponent is used at a time in the inversion. In the time-
domain inversion, a frequency band is used instead of sin-
gle frequency. For each band-passed filtered data set, the
finite-difference grid size is determined by the maximum
frequency of the band. Assuming a square grid,
Dx ¼ Dz, the grid size allowed to use in the forward
modeling is determined by

Dx � lmin

N
¼ cmin

Nfmax
; (31)

where lmin is the minimum wavelength, cmin is the mini-
mum velocity, fmax is the maximum frequency of the band,
and N is the number of grid points at least per minimum
wavelength, required by the numerical dispersion condi-
tion for the finite-difference scheme (Levander, 1988).
At low frequencies, coarser grids can be used than at
high frequencies. Therefore, low-frequency inversions
will be considerably fast and efficient compared to high-
frequency inversions, and can afford to take a large num-
ber of iterations in order to obtain an accurate estimate of
low wave number components of the velocity model.
Higher wave number components are progressively recov-
ered through the sequential uses of higher frequency-band
data in the inversions. Therefore, the multiscale approach
should have a steady convergence than a single-scale
method that tends to recover both low and high wave num-
bers simultaneously.

Preprocessing for field data waveform
tomography
Let us demonstrate the application of waveform tomogra-
phy to a real, marine seismic data set, as shown in Figure 5.
This example profile shows the structure along the sec-
tion. However, the input to waveform tomography is a
series of shot records, which should be subject to some
necessary processing, such as multiple attenuation and
transformation of the original point sources to equivalent
line sources, before they are used in tomography.

Figure 6a is a sample shot record, consisting of 120
traces with a minimum source-receiver offset of 337.5 m
and a maximum source-receiver offset of 1,825 m. We
investigate the feasibility of reflection-seismic tomogra-
phy within such a narrow source-receiver offset range.

Waveform tomography usually does not include free-
surface multiples. Otherwise including seismic multiples
bouncing back and forward within the water layer in the
tomographic inversion will increase the nonlinearity of the
problem. As the number of multiples increases, the errors
in model (and in turn in synthetics) will also increase. We
use a narrow-offset shot record in multiple attenuation, also
to avoid the wide-angle refraction of the water bottom and
their multiples, as the current methodology for free-surface
multiple prediction cannot properly model the refraction
multiples. As marked in Figure 6a, the most difficult part
of multiple attenuation is where the refraction wave just
starts appearing. Figure 6b displays a shot record and the
one after free-surface multiple attenuation, using
a multiple prediction through inversion (MPI) method
(Wang, 2004, 2007). The real shot record is generated by
a point source, but Figure 6c is an equivalent line-source
shot gather, after partial compensation as follows.

Before input to waveform tomography, a shot record of
real seismic data needs to be partially compensated, to
become a gather generated from a line source. For a two-
dimensional (2-D) case, the 2-D Green’s function is

G2Dðr; rs;oÞ ¼ c
i8poR

� �1=2
exp �io

R
c

� �
; (32)

where R ¼ r� rsj j is the distance from the source, and c is
the acoustic velocity of the medium. For a three-
dimensional (3-D) case, Green’s function is

G3Dðr; rs;oÞ ¼ 1
4pR

exp �io
R
c

� �
: (33)

Comparing the 2-D and 3-D Green’s functions pro-

duces a partial compensation operator as

W ¼
ffiffiffiffiffiffiffiffiffiffiffi
2pRc
io

r
: (34)
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Seismic, WaveformModeling and Tomography, Figure 6 Amarine seismic data example. (a) A sample shot record with 120 traces.
(b) The shot record after multiple attenuation. (c) The same shot record after partial compensation.
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In the time domain, the operatorW shows the following
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behavior (in the far-field),

W ðtÞ ¼ D�1=2ðtÞ
ffiffiffiffiffiffiffiffiffiffiffi
2pRc

p
; (35)

where D�1=2ðtÞ is a half-integrator, defined as the inverse
Fourier transform of ðioÞ�1=2 (Deregowski and Brown,
1983). For a narrow-offset, reflection geometry, one can
assume 2R / ct and obtain

W ðtÞ / D�1=2ðtÞcðtÞ
ffiffi
t

p
: (36)
0
–30

–20

–10

14012010080
Frequency (Hz)

604020

A
m

pl
itu

de
 (

dB
)

b

Seismic, Waveform Modeling and Tomography,
Figure 7 (a) Comparison between a seismic trace from an actual
point source (solid) and the trace after partial compensation
(dash curve). Wavelets in a trace from a line source (i.e., after
partial compensation) are broader than those from a point
source. (b) Comparison of amplitude spectra of seismic traces
from a point source and a line source.
Therefore, this partial compensation may be
implemented in two steps: scaling cðtÞ ffiffi

t
p

in the time
domain, and multiplication ðioÞ�1=2 in the frequency
domain.

Figure 7 closely compares a seismic trace from a point
source (solid curve) and a trace after partial compensation
(dash curve). With the application of the operator
ðioÞ�1=2, wavelets in the trace from an equivalent line
source are broader than those actually generated from
a point source.

Alternatively, one could use a 2.5-D wave modeling
and inversion scheme for waveform tomography. But as
it involves integration along the infinite line-source direc-
tion that is perpendicular to the source-receiver profile,
a 2.5-D scheme would take a much longer running time,
compared to the 2-D wave modeling and inversion (Song
and Williamson, 1995).

The frequency o can also be complex-valued, to
include an exponential function either for the amplitude
attenuation or compensation. The attenuation used in
wavefield PðtÞ is for suppressing the wrap-around effect
in the Fourier transform domain. An opposite sign with
an exponential increase in PðtÞ could also be used to boost
the energy of deep reflections. In the latter case, the
real data should be balanced with an automatic gain
control.
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Reflection-seismic waveform tomography
In the reflection-seismic data, there is no significant
energy recorded at low frequencies less than 6 Hz.
A travel time inversion is often performed to generate
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Seismic, Waveform Modeling and Tomography, Figure 8 Wavefo
time tomography. (b) The velocity model of waveform tomography
model of waveform tomography using frequencies in the range of
waveform tomography using all frequencies in the range of 6.9–30
the initial velocity model for the iterative waveform
tomography (Pratt et al., 2002). Referring to the stack sec-
tion (Figure 5), we pick the travel times of two reflections
from the pre-stack seismic data, and run a travel time
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inversion to generate a layered velocity model with two
interfaces (Figure 8a). The first layer is a water layer with
velocity 1,500 m/s. The second layer has a linear velocity
of 2,200 m/s at one end and 2,000 m/s at distance 23 km.

In the frequency-domain waveform tomography, we
use a group of three frequencies simultaneously in each
iterative inversion. Using a group of neighboring frequen-
cies in the input can suppress the noise effect in the real
data, and also more data samples used in an inversion
means a much better determined inverse problem. In this
example, there are 26 groups of frequencies in total in
the range of 6.9–30 Hz with an interval of 0.3 Hz. The first
group includes frequencies 6.9, 7.2, and 7.5 Hz, and the
last group includes frequencies 29.4, 29.7, and 30 Hz.
Figures 8b and 8c are the velocity models from waveform
tomography using frequencies in ranges of 6.9–7.5 Hz
and 6.9–13.8 Hz, respectively, where Figure 8d is the final
velocity model obtained from waveform tomography
using all frequencies in the range.

Although the starting model generated by travel time
tomography generates a smooth boundary for the water
bottom, waveform tomography produces a sharp geometry
with a spatial variation close to that shown in seismic sec-
tions (Figure 5). The tomography image shows clearly
a stratified structure underneath the water layer. In the sec-
ond layer, at the distance between 0 and 10 km, there is
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Seismic, Waveform Modeling and Tomography, Figure 9 (a) A sa
(b) The amplitude slice of synthetics at the same frequency, obtain
a high-low-high vertical velocity variation immediately
underneath the water bottom, between depth of 350 and
700 m at the left end of the profile, and a high-low-high-
low vertical variation above the second interface. At the dis-
tance between 17 and 23 km, there is also a low-high-low
vertical velocity variation within the second layer.

Most significantly, in the third layer, high-low-high
velocity channels appear immediately underneath the sec-
ond interface and cross the entire section. These thin-
layers separation could not be generated by any conven-
tional travel time tomography. Beneath that, the velocity
pattern in the depth between 1.2 and 1.6 km varies later-
ally between 0–5, 5–17, and 17–23 km in distance.

Seismic reflection is generated due to the contrast in
impedance, which is the product of density and velocity.
In the inversion example here however, the density is
assumed to be constant. Therefore, for a more accurate
quantitative interpretation of the high velocity variation
within the topmost thin layer immediately underneath
the water layer, a density contrast between the water and
water-bottom sediment needs be compensated.

Figure 9 compares a sample frequency slice (at 9.3 Hz)
of real data input to waveform tomography and synthetic
data generated from the inversion result. The vertical axis
is the shot position in the surface, and the horizontal axis is
the source-receiver offset. The data displayed are the
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amplitudes of complex-valued samples in the frequency
domain, and are normalized based on their RMS values.
For the far-offset seismic traces, there are strong ampli-
tudes for post-critical angle reflections, which play an
important role in the inversion for the shallow part of
model. There is also a good fit at near-offset traces, which
influence the high wave number perturbations of the
velocity field.
Summary
Waveform tomography uses the original waveform record-
ings and wave equation modeling to extract high-resolution
tomographic images from seismic data. Travel time inversion
may be used first to provide a reliable initial model for the
waveform inversion. The latter uses a group of frequencies
simultaneously in an iterative inversion, and proceeds from
low to high frequencies. Even for reflection-seismic data
with limited source-receiver offset, the waveform tomogra-
phy also can potentially image subsurface features with
detailed spatial variation at sub-wavelength scales.
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Definition
Intraplate Seismicity refers to earthquakes that take place
on faults other than those that form the boundaries
between Earth’s tectonic plates.

Historical context
From the inception of plate tectonics as a simple set of uni-
fying concepts, Earth scientists recognized that the notion
of completely rigid plates should not be taken to be rigor-
ous or complete. Deformations of Earth’s crust and upper
mantle, and the earthquakes that generally accompany
them, must take place off of recognized plate interfaces.
This fact was evident theoretically because in order for
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plate tectonics to operate on timescales greater than one
Wilson cycle, new plate boundaries must form within
plates, so deformation must take place off of existing plate
boundaries. In addition, it was unassailable observation-
ally because seismicity off of recognized plate boundaries
clearly does take place, albeit at a relatively trivial pace
compared to Earth’s total earthquake production.

Two generations later, despite the fact that they obvi-
ously exist, intraplate earthquakes remain enigmatic and
challenging; fitting subjects for special study. The domi-
nant questions about these earthquakes not only reveals
our incomplete understanding of earthquake physics in
general, but also highlights a number of issues specific
to active tectonics and seismic hazard in intraplate
settings.

Definitions and classification
We may define interplate earthquakes as being those that
rupture parts of faults that connect directly mechanically
to the globe-girdling system of recognized boundaries
between tectonic plates. Intraplate earthquakes break
faults that do not so connect. The difference is one of ulti-
mate slip. Because interplate faults form a network within
which new plates may be created and old plates con-
sumed, slip on them is unbounded. On the other hand,
the total slip on intraplate faults must terminate at the ends
of the fault. So increasing slip comes at the cost of increas-
ing strain in the surrounding rocks which, itself being pre-
sumably limited, caps how much any given fault can slip.
Therefore, intraplate faults may be expected to slip gener-
ally more slowly, and less far, than interplate faults, and
this possibly to have some consequence on the character-
istics of earthquakes on the two types of faults.

It is customary for Earth scientists to distinguish further
between intraplate earthquakes that break faults within
mobile zones and those that take place within stable zones.
Mobile zones are regions that, although not directly on
recognized plate boundary fault, have been experiencing
regional deformation distributed over a broad area near
a plate boundary. An example is the active faulting across
China, Tibet, and Mongolia, the deformations of which
may be clearly related to three-dimensional complexities
in the plate boundary framework. Stable zones are not
only sufficiently remote from plate boundaries to be insen-
sitive to their geometric complexities, but also are stable in
the sense that significant tectonic events have not affected
them during the Cenozoic Era (�66 million years). They
are generally expected to be areas of cold, thick continen-
tal lithosphere. Earthquakes in stable continental regions,
often designated SCR earthquakes, are particularly
enigmatic.

Reasons to distinguish intraplate earthquakes
One reason to study intraplate earthquakes (and particu-
larly SCR earthquakes) as a class involves a practical con-
sequence: they strike the most unwary victims. Because of
the long recurrence intervals between intraplate earth-
quakes, the threatened populace is generally unprepared
and the structures they build are particularly vulnerable.
It has recently been noted that this argument is becoming
less restrictive to intraplate earthquakes as population
growth within plate boundary regions has taken place so
quickly of late that even these regions are becoming less
prepared as a whole (Bilham, 2009). Nevertheless, the
argument remains applicable in plate interiors where the
building stock may be not only not up to modern seismic
codes, but is generally older.

In part, SCR earthquakes remain especially enigmatic
not merely because they are rare, but also because their
recurrence may be so long that (1) the sizes and sometimes
locations of previous earthquakes are not well known,
even for those that have occurred in historical times, and
(2) it is usually not possible to ascertain what their recur-
rence is with certainty. This leads to great uncertainty
about the seismic hazards in intraplate regions. Is damag-
ing earthquake shaking possible anywhere (albeit with
small probability within any 50-year time period)? Or
are even SCR earthquakes restricted to occur in places
with discernible (and hence predictable) characteristics?
This is tantamount to a question of whether the entirety
of Earth’s crust at critical stress levels such that only small
fluctuations or differences in fault strength control the
occurrence of earthquakes.

With such long recurrence intervals, seismological
observations are sparse and we rely on the paleoseismic
evidence contained within the geological record to try to
understand them. It is clear that plate tectonics is accurate
to first order and that intraplate deformation takes place
very slowly, which makes them a challenge for even mod-
ern high-precision geodetic techniques. It seems likely
that progress in understanding intraplate earthquakes will
remain slow for the time being.

Another reason they are of special interest is that they
may reveal clues about elusive earthquake physics. While
Earth scientists believe that nearly all tectonic earthquakes
are caused by sudden slip on a fault driven by stresses in
the surrounding rock (the elastic rebound theory), the spe-
cific mechanisms that localize rupture initiation and
growth of a rupture remain obscure. Systematic differ-
ences between fault, stress, and geological characteristics
of intraplate faults discussed below may be exploited to
test hypotheses of the important controls of earthquake
fault rupture.
Do intraplate and interplate earthquakes scale
differently?
Because intraplate earthquakes, and particularly those in
stable zones, have longer recurrence intervals, it is often
hypothesized that their host faults will have longer time
to “heal” between earthquakes (e.g., Scholz, 2002). Fault
healing here refers to a set of hypothesized fault processes
such as the formation of minerals that bind the sides of the



SEISMICITY, INTRAPLATE 1303
fault together making them stronger over time. Thus,
intraplate earthquakes may be expected to break under
higher loads – at higher stress levels – than their cousins
that break more active plate boundary faults. The antici-
pated result is that they “scale” differently: that is, big
earthquakes differ from small earthquakes in systemati-
cally different ways in interplate as opposed to intraplate
regions. Specifically, intraplate earthquake ruptures will
slip more in an earthquake per unit of fault area, relieve
more stress (have a larger “stress drop”) and produce more
seismic energy for their size, than the earthquakes we are
more familiar with at plate boundaries. Thus seismologists
expect, and arguably observe, that intraplate earthquakes
tend to have higher stress drops than interplate earth-
quakes. Seismological evidence suggests that as a class
their stress drops may be a factor of 2–5 higher than plate
boundary earthquakes (Kanamori and Allen, 1986). But
because observations are so few, much uncertainty
remains about this issue.

Source scaling studies are further hindered by system-
atic differences between seismic wave propagation in
intraplate regions and that in more mobile or active zones.
Because rock surrounding plate boundaries is often less
intact and hotter than in plate interiors, seismic wave
energy is more strongly absorbed, or attenuated, than in
the cold hard hearts of plates. So, per unit of energy
released at their source, the effects of intraplate earth-
quakes are more widely distributed – they have a longer
reach.
What drives intraplate earthquakes?
Probably the most critical enigma of intraplate seismicity
concerns the source of driving stresses. It is easy to invoke
“left over” or residual stresses originating from geometric
irregularities or variations in frictional properties on the
master plate boundary faults to explain the origin of
mobile zone intraplate earthquakes. Remote from plate
boundaries, occasionally sources of localized stresses
may be recognized. One clear example is from intraplate
regions experiencing uplift from glacial rebound, as ice
sheets retreat with global warming. This mechanism well
explains the seismicity pattern of Sweden, for example
(e.g., Mörner, 2009). Swarms of seismicity often accom-
pany geothermal activity, even at sites in the remote inte-
rior of tectonic plates (e.g., Ibs-von Seht et al., 2008).
Where such sources of localized stress are not evident,
however, it is more problematic to assign the provenance
of seismic stress. Modeling studies suggest that stresses
within plates may be best explained as a combination of
resolved stresses originating at plate boundaries (although
they may be thousands of kilometers distant) plate bend-
ing due to a plate's travel over a non-spherical Earth, or
forces arising from convective patterns in Earth's mantle.

Many scientists presume that intraplate earthquakes
take place at sites where crustal rocks have been signifi-
cantly weakened compared to those in surrounding rocks.
In this model, seismicity should be associated with
reactivated fault zones. Big intraplate earthquakes are
thought to be restricted to areas that have previously been
faulted, say within failed continental rift systems (e.g.,
Johnson, 1996).

One intriguing idea is that the strength of faults could be
reduced by high pore-fluid pressure. Fluids (which could
include water or even carbon dioxide or hydrocarbons)
that occupied the internal portion of a fault could become
pressurized and reduce the frictional resistance of the fault
to slipping. That would imply that seismically active faults
in intraplate regions are those that contain significant
quantities of fluids at high confining stress. Sufficient
stress to drive earthquakes could indeed be present every-
where within plate interiors, and the conditions to release
the stress controlled by something external.
Examples
The moment magnitude (Mw) = 6.8 “Nisqually” earth-
quake of January 23, 2001 inWashington state, USA, pro-
vides an example of an intraplate earthquakes breaking
a fault within the crust of the subducting ocean plate
(Ichinose et al., 2006). The earthquake resulted from slip
on a normal fault driven by bending stresses as the
downgoing slab flexes in its descent. On a larger scale,
the Cascadia subduction zone provides an interesting
example of the interplay between inter- and intraplate
earthquakes in that while the master plate boundary
megathrust fault is broken about every 500 years with
large subduction thrust events (e.g., Satake and Atwater,
2007), there appears to be no current seismicity on the
plate boundary fault. Rather all earthquakes either histori-
cal or instrumentally recorded are either intra-slab events
or crustal earthquakes within the overriding North Amer-
ica plate. These events are interplate by our definition.
However, they are clearly associated with a nearby sub-
duction interface and are driven by residual stresses that
the plate boundary is unable to completely relieve.

The May 13, 2008 Mw = 7.9 Wenchuan earthquake in
the Szechuan Province of China is an earthquake in the
tectonically mobile zone of Asia, and is part of the escape
of material from Asia and the uplifting of the Himalaya
due to the collision of the Indian subcontinent with Asia.
About 300 km of a fault on the boundary between the
Longmenshan orogenic belt and the Szechuan basin broke
in the earthquake (Burchfiel et al., 2008). With a high
overall stress drop of 17 MPa and localized patches of
up to 53 MPa (Zhang et al., 2009), the Wenchuan earth-
quake had large slip and disastrous effects on a populace
that was largely unaware of the potential for, and
unprepared for, this long-recurrence-interval (2,000–
10,000 years) intraplate earthquake.

The January 26, 2001 Mw = 7.6 Bhuj earthquake took
place �400 km? from the rather diffuse onshore portion
of the left-lateral strike-slip Makran boundary between
India and the Arabian and Eurasian plates, but within the
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western part of the peninsular Indian shield. It broke the
deeper part (�5 to �40 km) of a previously unknown
reverse fault. It was located within �100 km of
a similar-sized (though shallower) earthquake in 1835 that
generated a surface rupture – the Allah Bundh in the Great
Rann of Kachchh. The stress drop was a high, but not
extreme �16–20 MPa, but the earthquake was very pow-
erful, with the source lasting only about 7 s. Widespread
liquefaction and secondary effects were observed, but
the large death toll (�30,000) was apparently not the
result of extreme ground motions, which could have been
engineered for, but rather of poor construction and
preparation.
Controversy
One particularly illustrative and significant example of
SCR interplate seismicity concerns the New Madrid Seis-
mic Zone that threatens a 7-state region surrounding the
lower Mississippi River valley in the south central USA
(e.g., Johnson and Schweig, 1996). The region was the site
of at least three major earthquakes during the winter of
1811–1812. While at the time thinly populated and rural,
a return of these earthquakes today would affect ten mil-
lion people and put at risk numerous cities, commerce,
and transportation and communication infrastructure.
The 1811–1812 earthquakes were accompanied by a host
of surface effects (liquefaction, landslides, surface defor-
mation) that remain visible in the landscape today. Ground
motions from the earthquakes were also reported to be felt
as far away as Charleston, South Carolina (�950 km) and
even Boston,Massachusetts (�1,600 km). There is a com-
plex zone of active microearthquakes producing several
M < 3 earthquakes each week. Early research based on
ground-shaking intensities derived from historical reports
proposed that the three largest earthquakes in the series
exceeded M8. The �100-km long zone of active micro-
seismicity, which many presume to represent the active
faults, seems much too small to host even a single M8
earthquake, let alone three, unless stress drops, and there-
fore slip per unit length, were extremely large. The earth-
quakes occupy a shallow basin formed atop a failed
continental rift, formed in latest Precambrian time and
briefly reactivated (but once again failed) in the Creta-
ceous. The faults are oriented such that they are nearly
optimally oriented to be reactivated as thrust and strike-
slip fault in the current compressional mid-plate stress
regime.

Subsequent reexamination of the historic intensity data,
and taking into account the feeble attenuation of Seismic
waves within rocks in the plate interior, have yielded gen-
erally smaller estimates of magnitudes, as low as M7 for
the three largest 1811–1812 earthquakes. In the absence
of new information, however, it might be best to admit that
while these earthquakes were undoubtedly large, their
magnitudes will remain forever moot. Paleoseismic stud-
ies of earthquake-induced liquefaction features in surface
deposits reveal at least four repeated episodes of strong
shaking (as strong as what took place in the early nine-
teenth century), often in clusters like the 1811–1812
events, with an average recurrence interval of�500 years.
The geological evidence for recurrent large earthquakes is
balanced by the lack of primary surface faulting, or even
the prominent topographic relief one would expect if
much slip had taken place at the rates paleoseismic evi-
dence infers for the past several thousand years. So either
the big events are really a good deal smaller than the larg-
est estimates of their size or seismic activity in the zone
was initiated only a few thousand years ago.

Geodetic evidence, from repeated campaign surveys
and continuous GPS studies show that deformation sur-
rounding the active seismic zone (Smalley et al., 2005)
is very slow, with some (e.g., Newman et al., 1999) argu-
ing that it is not different from zero. However, given the
lack of a mid-plate fault model it is not clear what defor-
mation pattern one should expect. So there is no general
agreement about what the lack of observed active defor-
mation means, and the interpretations remain contentious.
Some suggest that either the largest earthquakes to be
expected from the seismic zone are not so terrifyingly
large as previously thought, or perhaps that, however large
they were, they are not being recharged with stress and are
not to be feared. Others hold that the paleoseismic, histor-
ical, and microseismic evidence point to the likelihood of
future damaging earthquakes just like the historical ones,
albeit driven by processes that are still beyond our ken.
Summary or conclusions
Intraplate seismicity is a catchall phrase that encompasses
a wide variety of seismogenic phenomena; essentially all
earthquakes that do not occur on plate bounding faults.
Locales hosting intraplate earthquakes range from broad
deformation zones that surround some plate boundaries
to areas that lie within the cores of continents. Larger
earthquakes – especially those in what are otherwise tec-
tonically stable cold continental crust – appear to be asso-
ciated with faults that formed in an earlier tectonic setting
but are reactivated by the stress field applied currently.
Not all faults are so reactivated, so it is likely that some
as-yet-unclear weakening mechanism causes only certain
faults to fail. Localized deformation, say glacial rebound
or geothermal stresses can be responsible for interplate
earthquakes, but does not explain all of them. As a class
of faults, intraplate faults usually slip more slowly and less
far than interplate faults, and this leads to longer intraplate
earthquake recurrence intervals. Also, and probably
related to this, intraplate earthquakes may generally be
expected to have larger stress drops. Although less fre-
quent than plate boundary earthquakes, intaplate seismic-
ity is very dangerous because the population and
infrastructure at risk from them is less prepared than in
more seismically active areas. The study of intraplate seis-
micity is an endeavor that, because of its low rate is best
done by integrating across different source regions and
combining different Earth science disciplines.



SEISMICITY, SUBDUCTION ZONE 1305
Bibliography
Bilham, R., 2009. The seismic future of cities. Bulletin of Earth-

quake Engineering, doi:10.1007/s10518-009-9147.
Burchfiel, B. C., Royden, L. H., van der Hilst, R. D., Hager, B. H.,

King, R. W., Li, C., Lü, J., Yao, H., and Kirby, E., 2008.
A geological and geophysical context for the Wenchuan earth-
quake of 12 May 2008, Sichuan, People’s Republic of China.
Geological Society of America Today, 18(7), doi:10.1130/
GSATG18A.1.

Ibs-von Seht, M., Plenefisch, T., and Klinge, K., 2008. Earthquake
swarms in continental rifts – a comparison of selected cases in
America, Africa and Europe. Tectonophysics, 452(1–4),
66–77, doi:10.1016/j.tecto.2008.02.008. ISSN 0040-1951.

Ichinose, G. A., Thio, H. K., and Somerville, P. G., 2006.
Moment tensor and rupture model for the 1949 Olympia,
Washington, earthquake and scaling relations for Cascadia
and Global Intraslab Earthquakes. Bulletin. Seismological
Society of America, 96(3), 1029–1037, doi:10.1785/
0120050132.

Johnson, A. C., 1996. Seismic moment assessment of earthquakes
in stable continental regions II: historical seismicity. Geophysi-
cal Journal International, 125(3), 639–678.

Johnson, A. C., and Schweig, E. S., 1996. The enigma of the New
Madrid Earthquakes of 1811–1812. Annual Review of Earth
and Planetary Sciences, 24, 339–384.

Kanamori, H., and Allen, C. R., 1986. Earthquake repeat time and
average stress drop. In Das, S., et al. (eds.), Earthquake Source
Mechanics. Washington: American Geophysical Union. AGU
Geophysics Monograph, Vol. 37, pp. 227–236.

Mörner, N-A., 2009. Late Holocene earthquake geology in Sweden,
Geological Society, London, Special publications, 316, pp.
179–188, doi:10.1144/SP316.11

Newman, A., Stein, S., Weber, J., Engeln, J., Mao, A., and Dixon,
T., 1999. Slow deformation and lower seismic hazard at the
New Madrid Seismic zone. Science, 284, 619–621,
doi:10.1126/science.284.5414.619.

Satake, K., and Atwater, B. F., 2007. Long-term perspectives on
giant earthquakes and tsunamis at subduction zones. Annual
Review of Earth and Planetary Sciences, 35, 349–374,
doi:10.1146/annurev.earth.35.031306.140302.

Scholz, C. H., 2002. The Mechanics of Earthquakes and Faulting.
Cambridge, UK: Cambridge University Press.

Smalley, R., Ellis, M. A., Paul, J., and Vanarsdale, R., 2005. Space
geodetic evidence for rapid strain rates in the New Madrid seis-
mic zone of central USA. Nature, 435, 1088–1090,
doi:10.1038/nature03642.

Zhang, Y., Feng, W., Xu, L., Zhou, C., and Chen, Y., 2009. Spatio-
temporal rupture process of the 2008 great Wenchuan earth-
quake. Science in China. Series D: Earth Sciences, 52(2),
145–154.
Cross-references
Earthquake, Focal Mechanism
Earthquake, Magnitude
Earthquakes and Crustal Deformation
Earthquakes, Strong-Ground Motion
Geodesy, Figure of the Earth
Geodesy, Ground Positioning and Leveling
Geodynamics
Mantle Viscosity
Paleoseismology
Plate Driving Forces
Plate Motions in Time: Inferences on Driving and Resisting Forces
Plates and Paleoreconstructions
Plate Tectonics, Precambrian
SEISMICITY, SUBDUCTION ZONE
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Definition
Subduction zone. Consuming plate boundary where the
oceanic plate subducts into the mantle beneath the conti-
nental plate.
Interplate earthquakes. Earthquakes that occur along the
plate boundary. In case of the subduction zone, they occur
at the shallow portion of the boundary between the
subducting plate and the overriding plate.
Intraslab earthquakes. Earthquakes that occur within the
subducted plate, that is, within the slab.
Shallow earthquakes. Earthquakes that occur at depths
shallower than 60 km. Focal depths of interplate earth-
quakes in subduction zones are usually shallower than
60 km, and so they are shallow earthquakes.
Intermediate-depth earthquakes. Earthquakes that occur
at depths of 60–300 km.
Deep earthquakes. Earthquakes that occur at depths
deeper than 300 km. Both intermediate-depth and deep
earthquakes occur only within the subducted plate, and
so they are intraslab earthquakes.

Introduction
There are seismically active and inactive areas on the
Earth. Most of Earth’s seismic activity is concentrated in
narrow continuous belts that wrap around it. Plate tecton-
ics proposes that the Earth’s entire surface is comprised of
somewhat more than ten large, rigid, mosaic-like plates,
and that the relative movement of these plates causes tec-
tonic activity at their boundaries. Consequently, most
earthquakes are concentrated at plate boundaries, forming
narrow, belt-shaped seismic zones.

Oceanic plates are generated at mid-ocean ridges by the
upwelling of mantle material. Since the Earth’s surface
area is constant, the surface area does not expand with
the generation of the oceanic plate. Instead, the same
amount of material moves back down into the mantle.
The generation of plates is balanced by the consumption
of other plates elsewhere at consuming plate boundaries.
Subduction zones are where oceanic plates plunge down-
ward into the mantle. At subduction zones, two plates col-
lide with each other; the heavier plate is overridden by the
lighter one and sinks down into the mantle. Thus, the
heavier oceanic plate subducts beneath the lighter conti-
nental plate. The subduction of the oceanic plate causes
high seismic activity. In fact, it is in these subduction
zones that most of the world’s large earthquakes occur.

Interplate earthquakes
In subduction zones, the denser oceanic plate sinks down
into the mantle underneath the lighter continental plate.
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The shallow portion of the plate boundary is locked by
friction, and in order to release accumulated stress, occa-
sional slips at the plate boundary occur and cause earth-
quakes. Most of the world’s large, shallow earthquakes
are interplate earthquakes caused in this way. Interplate
coupling occurs only within a specific range of depths,
which seems to be primarily determined by the tempera-
ture of the plate interface.

Oleskevich et al. (1999) estimated the thermal struc-
tures of plate interfaces in several subduction zones, and
compared them with the updip and downdip depth limits
of source areas of large interplate earthquakes. The results
show: (1) the updip limit of the depth of interplate earth-
quakes corresponds with the depth at which the tempera-
ture of the plate boundary reaches 100–150�C and
(2) the downdip limit approximately matches the depth
at which the temperature reaches 350�C (Figure 1). In
the shallowest part of plate interfaces, smectite clays,
which are clay minerals distributed in the sediments there,
prevent interplate coupling by producing stable sliding.
The temperature rises with increasing depth and when it
reaches 100–150�C, dehydration decomposition occurs
and the smectite clay turns into illite and chlorite. This
transformation is considered the onset of interplate
coupling.

Then, deeper, where the temperature exceeds 350�C,
interplate coupling ceases and stable sliding takes place
again. Figure 1 shows that the transition zone from unsta-
ble sliding to stable sliding occurs at depths where the
temperature ranges from 350�C to 450�C. In the case
where the depth at which the temperature of the plate inter-
face reaches 350�C is deeper than the depth at which it
contacts the Moho of the upper plate, the contact zone
with the Moho is considered to be the downdip limit.
The reason the downdip is limited to the Moho contact
zone is that stable sliding prevails where the mantle of
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Seismicity, Subduction Zone, Figure 1 Sketch of the
subduction plate boundary seismogenic zone (Oleskevich et al.,
1999, copyright by the American Geophysical Union).
the upper plate contacts the oceanic plate because the man-
tle may be serpentinized by water supplied by the dehy-
dration of the subducting oceanic plate. It is considered
that interplate earthquakes do not occur any more under
those conditions (Hyndman et al., 1995). In some subduc-
tion zones, such as in northeast Japan, the upper plate’s
mantle is not serpentinized, since the seismic wave veloc-
ities there show normal values of non-serpentinized man-
tle materials. In such cases, the downdip limit is once
again determined by temperature, although the specific
temperature at which the transition occurs is not yet
known.

The degree of interplate coupling can be indicated by
how much interplate slip is accounted for by earthquakes.
This index is called “seismic coupling” and denotes the
percentage of the seismic slip among all slip amounts
occurring at the “seismogenic zone” in Figure 1. If seismic
coupling is 1, all slip occurring in that area is caused by
earthquakes. In contrast, if it is 0, it means that all slip
occurring in that area is aseismic stable sliding. Seismic
coupling differs from one subduction zone to another,
and the larger the maximummagnitude of interplate earth-
quakes is in a subduction zone, the larger is its seismic
coupling (Lay and Kanamori, 1981).

The younger the age of the subducting plate and the
faster the plates are converging, the larger the maximum
earthquake magnitude (Ruff and Kanamori, 1980) and so
the stronger is the interplate coupling. A faster conver-
gence velocity results in a higher rate of stress accumula-
tion, which would accompany a higher rate of
earthquake activity. Young plates are generally less dense
than older plates, and being relatively light, the gravita-
tional force pulling them downward is weaker and their
subduction angle is lower than with older, denser plates.
When the subduction angle is low, the contact area
between the subducting plate and the upper plate is large.
The large contact area and relatively weak downward
force produce strong interplate coupling between the
plates. Moreover, younger plates have relatively smoother
plate surfaces because they do not have long alteration his-
tories after their generation at the midoceanic ridge, which
probably allow the formation of larger focal areas of large
maximum earthquakes. For these reasons, if two plates
have the same subduction velocity, the younger plate will
have stronger interplate coupling and larger maximum
earthquake magnitude (Kanamori, 1977).

Interplate coupling along the seismogenic zone is het-
erogeneous both in space and time; the seismogenic zone
is not fully locked, as mentioned above, and some portions
of it will slide stably during interseismic periods. Seismic
waveform inversions of large interplate earthquakes have
revealed spatially heterogeneous seismic slip along the
seismogenic zone, and backslip inversions of geodetic
data, which estimate spatial distribution of interplate cou-
pling, have confirmed spatially heterogeneous strain accu-
mulation along the zone during the interseismic period.
A conceptual model of frictional properties on the fault
surface based on laboratory-derived fault constitutive laws
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(Figure 2) explains the observed heterogeneous interplate
coupling along the seismogenic zone. It involves patches
of frictionally unstable fault surface surrounded by stable
and conditionally stable fault surfaces. Frictionally stable
portions of the fault are subject to steady aseismic sliding,
whereas unstable patches (asperities) remain locked dur-
ing the interseismic period. Then they finally fail, as
evidenced by the occurrence of earthquakes. Condition-
ally stable portions typically slide stably, but may fail
and slide dynamically if loaded at high strain rates by the
seismic slip of a neighboring asperity. Earthquakes nucle-
ate only in the unstable patches, and once an earthquake
occurs in an unstable patch its seismic slip propagates
throughout the patch, with some penetration into the
neighboring conditionally stable areas. This conceptual
model indicates that the larger the area occupied by the
frictionally unstable patches in the seismogenic zone, the
larger the seismic coupling of that subduction zone is.

Shallow inland intraplate earthquakes
Convergence of two plates at subduction zones causes
stress accumulation also in the overriding continental
plate, producing deformation in it well beyond the trench
axis. Usually, this deformation is compressional crustal
shortening, which partially accommodates the plate con-
vergence. Shallow earthquakes occur in the crust of the
overriding plate, reflecting this ongoing compression.
Focal mechanisms of these earthquakes are thrust fault
or strike-slip fault with compressional axis oriented nearly
in the plate convergence direction. Recurrence intervals of
these types of earthquakes are much longer than those of
interplate thrust earthquakes. However, once they occur,
it often causes serious damages in lives and societies due
to the shallow hypocenter and proximity to inhabited
areas.

In most cases, these shallow inland earthquakes occur
in the depth range between 1–3 and 10–20 km, forming
the seismogenic zone mainly in the upper crust of the
overriding plate. Deformation is made by aseismic ductile
flow at shallow depths above the upper bound because of
the presence of unconsolidated granular material, and at
large depths below the lower bound because of the onset
of plasticity at a critical temperature (Scholz, 1998). This
critical temperature is considered to be about
300–400�C, and so the lower bound of the seismogenic
zone varies depending on the local thermal gradient.

Active faults, which are surface traces of repeated fault
movements by earthquakes, show locations where in the
seismogenic zone of the overriding plate large shallow
earthquakes have occurred in the recent past, the Quater-
nary Period. Surveys of active faults further provide
information on history of earthquakes, including their
magnitudes and the time of the last event, which is basic
and important for long-term earthquake forecast of shal-
low inland intraplate earthquakes.

Although we can learn from active faults where large
earthquakes have occurred, it is difficult to understand
why earthquakes occur in those locations. Recent investi-
gations based on dense GPS and seismic observation net-
work data in Japan have provided some information on
this problem. Analyses of GPS data showed the existence
of belt-like zones with concentrated crustal shortening in
the overriding plate, along which many large shallow
earthquakes have occurred or active faults are distributed
(Sagiya et al., 2000; Miura et al., 2004). Seismic tomogra-
phy studies revealed prominent low seismic velocity
zones in the lower crust to the uppermost mantle right
beneath these concentrated deformation zones (Nakajima
et al., 2001; Nakajima and Hasegawa, 2007). The low
seismic velocities are inferred to reflect the existence of
aqueous fluids, which are perhaps supplied from the
subducted slabs. These observations suggest that the
fluids weaken the surrounding crustal materials and cause
the concentrated deformation there, leading to large shal-
low inland earthquakes (Iio et al., 2004; Hasegawa et al.,
2005). If this is the case, places to which aqueous fluids
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are supplied intensively from the mantle wedge below are
considered to be locations where large shallow earth-
quakes occur.

Intraslab earthquakes
Earthquakes that occur at depths of more than about 60 km
are found only in subduction zones. That is because these
earthquakes occur in subducting oceanic plates or slabs.
They are distributed in an inclined plane in the mantle,
which is called “deep seismic zone” or “Wadati–Benioff
zone,” after its discoverers. The frequency distribution of
earthquakes for each depth range throughout the world
(Figure 3) shows that depths from 0 to 50–60 km have
the greatest occurrence frequency. Proceeding deeper,
the frequency decreases nearly monotonically until
a depth of about 300 km, then starts to increase with depth
from that point, reaching a local maximum at 500–600 km
deep. The earthquake depth range can be divided into
three zones: shallow (0–60 km), intermediate depth
(60–300 km), and deep (deeper than 300 km). Of these,
intermediate-depth earthquakes and deep earthquakes
occur within the slab so they are called intraslab earth-
quakes (or slab earthquakes).

In many cases, the focal mechanisms of intraslab earth-
quakes are classified as either downdip compression (DC)
earthquakes, in which the compressional axis is oriented
in the dip direction of the slab, or downdip extension
(DE) earthquakes, in which, on the contrary, the tensional
axis is oriented in the dip direction of the slab. There is
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4, 5, and 6 in the EHB catalog (Engdahl et al., 1998) for the period f
a systematic tendency in the depth distribution of focal
mechanisms that depends on the age of the subducting
plate. That is, as indicated in Figure 4: (1) DE-type earth-
quakes dominate in young plate subduction zones such as
in Central America, in which intraslab earthquakes occur
only to a depth of about 250 km. (2) Intraslab earthquakes
occur to a depth of about 650 km in old plate subduction
zones such as Tonga and the Izu-Bonin arc, and the
DC-type focal mechanism dominates at all depths in those
areas. (3) Subduction zones such as the Kermadec and
Kuriles areas have characteristics intermediate between
(1) and (2); DE-type earthquakes dominate in shallow
reaches while DC-type earthquakes dominate deeper.
(4) In subduction zones like Chile and the New Hebrides
areas, in which intraslab earthquakes do not occur at
depths between 300 and 500 km, the DE-type dominates
at shallow depths while the DC-type dominates deeper.

Isacks and Molnar (1971) explain the formation of
these earthquake-generating stress fields in the slab as fol-
lows. The depths to which the downdip ends of slabs reach
constitute four different conditions (Figure 5). In one con-
figuration, the end of the slab reaches the top of the high
strength lower mantle (Figure 5c), which corresponds to
the conditions described in (2) above. In two other config-
urations, it ends within the upper mantle (Figures 5a and b)
corresponding to (1) and (3) above. In the fourth case, the
slab is not continuous, but is divided into upper and lower
segments (Figure 5d) corresponding to (4) above. When
slabs subduct into the mantle, the resistive force becomes
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Union).
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stronger with increasing depth, and the earthquake-
generating stress fields discussed above are formed.
Although the above explanation by Isacks and Molnar
seems plausible at first glance, recent seismic tomographic
studies are now revealing that the end of the slabs reach
the top of the lower mantle in most subduction zones.
Therefore, the interpretation provided in Figure 5 is not
always correct.

Slab mineralogy studies have shown that depth pertur-
bations of phase transformation boundaries resulting from
thermal anomalies within the slabs also generate positive
and negative buoyancy forces depending on depth, and
so are major contributors to stress fields in the slabs
(e.g., Bina et al, 2001). Figure 6 shows a diagram of the
mineralogy in a subducting slab. Since the slab is colder
than the surrounding mantle, the a-olivine to b-spinel
phase transformation at 410 km depth and the b-spinel to
g-spinel phase transformation at 550 km depth become
shallower, whereas decomposition of g-spinel to perov-
skite +magnesiowustite at 660 km depth becomes deeper
than in the ambient mantle. Moreover, the olivine to
b-spinel transition must be kinetically hindered within
the cold slab, since the relatively colder temperatures in
the slab inhibit reaction rates. A wedge-shaped zone of
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metastable peridotite thus formed in the cold core of the
slab persists to the depth shown by the shaded area in
Figure 6 (Kirby, 1995).

Upward deflections of the olivine to b-spinel transition
at 410 km and the b-spinel to g-spinel transition at 550 km
yield negative buoyancy forces by stabilizing the dense
higher pressure phases in the slab surrounded by the less
dense lower pressure phases in the ambient mantle. On
the contrary, the downward deflection of the g-spinel to
perovskite +magnesiowustite transition at about 660 km
yields positive buoyancy forces. Moreover, the metastable
olivine wedge yields positive buoyancy forces. Downdip
compression at depths deeper than about 300 km,
observed for all the subduction zones (Figure 4), can be
well explained by the compressional stress generated by
the combination of the buoyancy forces produced by the
metastable olivine wedge, the downward deflection of
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Seismicity, Subduction Zone, Figure 7 Double seismic zone and d
northeast Japan, projected on an across-arc vertical cross section (Y
Union). The solid line and broken and dotted lines show the dehyd
earthquake hypocenters. Medium thick and thin lines are the uppe
the perovskite-forming transition, and the force resisting
slab penetration into the lower mantle (Chen et al.,
2004). It is expected that the downdip compressional
stress caused by the metastable olivine wedge is smaller
for warm (young) and slow slabs. Chen et al. (2004) found
a good correlation between the thermal parameter of the
slab and the nature of the downdip stress at depths
shallower than about 300 km in accordance with this
expectation: warm, slow slabs tend to have tensional
stress; and cold, fast slabs tend to have compressional
stress.

Intermediate-depth earthquakes: double seismic
zone
It is known that intermediate-depth intraslab earthquakes
form a double seismic zone in several subduction zones.
This was first clearly found beneath northern Honshu, in
northeast Japan (Figure 7), where the deep seismic zone
is composed of two planes at depths of 70–150 km that
are parallel to each other and separated by about 30 km
(Hasegawa et al., 1978). Upper-plane earthquakes, most
of which occur in the crust of the slab, have DC-type focal
mechanisms, while lower-plane ones, occurring in the
mantle of the slab, are characterized as DE-type earth-
quakes. Engdahl and Scholz (1977) explained the forma-
tion of such a double-planed deep seismic zone by the
unbending of the subducting oceanic plate at this depth
range. Later studies showed, however, that DC-type
upper-plane and DE-type lower-plane events are not
always seen and that in some subduction zones both the
upper and lower planes have DC stress. These observa-
tions indicate that the unbending force may not be the
main cause of the formation of the double seismic zone,
although it must be acting on the plate.

Similar to ordinary shallow earthquakes, most
intermediate-depth and deep earthquakes have double-
couple radiation patterns and little or no isotropic
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component (Frohlich, 2006). However, it has been
thought that intermediate-depth and deep earthquakes are
mechanically different from shallow earthquakes that are
generated by brittle fracture. This is because normal stress
on the fault becomes too high to cause ordinary brittle
shear faulting. At depths of 60–650 km, the overburden
produces confining pressures of 2–23 GPa, yielding the
strength of the fault of about the same order of magnitude.
Earthquake occurrence requires a shear stress exceeding
that strength, but it is unlikely that such a high shear stress
is actually produced at such depths in the slab. Even if
some process in the slab can produce such a high shear
stress, it cannot be maintained because ductile flow will
occur. Therefore, some special mechanism is necessary
to generate earthquakes at such great depths.

One possible mechanism that decreases the strength of
the fault for intermediate-depth earthquakes is dehydra-
tion embrittlement (Raleigh and Paterson, 1965; Green
and Houston, 1995). Before its subduction, the oceanic
plate contains a considerable amount of water as hydrated
minerals. The temperature and pressure of the plate rise as
it subducts and decompose the hydrated minerals and dis-
charge water. The water reduces the effective normal
stress and enables brittle fracture. Dehydration embrittle-
ment also seems to explain the formation of the double
seismic zone as discussed below.

If dehydration embrittlement is the mechanism generat-
ing intermediate-depth intraslab earthquakes, intraslab
earthquakes should not be expected to occur everywhere
in the slab, but only where hydrated minerals exist,
particularly at facies boundaries where the water
content changes. It has become increasingly clear that
intermediate-depth intraslab earthquakes do seem to occur
in such areas.

In order to examine whether or not dehydration embrit-
tlement is the cause of intraslab earthquakes, we need to
know the location within the slab where the hydrated min-
erals are decomposed and the water is discharged.
Yamasaki and Seno (2003) determined the locations in
the slab where the dehydration decompositions of
serpentinized slab mantle and metamorphosed slab crust
occur based on experimentally obtained phase diagrams
of rocks. They compared these locations with the spatial
distribution of intraslab earthquakes. The result for the
Pacific slab under northeast Japan is shown in Figure 7.
The estimated dehydration loci of the crust and mantle
roughly correspond to the location of the upper and lower
planes of the double seismic zone. They obtained the same
results for the other five subduction zones. This explains
well why double seismic zones are formed and why earth-
quakes in the lower plane have a planar distribution near
the center of the slab mantle.

The above results support the dehydration embrittle-
ment model of intraslab earthquakes. However, whether
hydrated minerals actually exist at depths where lower-
plane earthquakes occur (the deeper part of the mantle that
lies at a maximum of about 40 km below the upper slab
boundary) is still a point of contention. In this regard,
further validation is necessary for the generation of
lower-plane events.
Formation of a belt of intraslab seismicity in the
slab crust beneath northeast Japan
Recent studies have shown a more detailed spatial distri-
bution of upper-plane earthquakes and revealed its clear
relationship with the slab structure. This, as described
below, can be explained well if the cause of intraslab
earthquakes is dehydration embrittlement.

As indicated by the pale-pinked zones in Figure 8a,
earthquakes in the upper plane of the double seismic zone
beneath northeast Japan form a remarkable belt-like seis-
mic zone at depths between 70 and 90 km, parallel to
iso-depth contours of the upper surface of the Pacific slab.
The across-arc vertical cross section of earthquakes in
Figure 9 also shows that there is a concentration of earth-
quakes at depths of 70–90 km, which corresponds to the
belt-like seismicity indicated in Figure 8a. If the cause of
intraslab earthquakes is dehydration embrittlement, this
concentration of seismicity is expected to correspond to
the location in the slab crust where hydrated minerals are
present, particularly around the facies boundary where
dehydration occurs.

This belt-like seismicity indicated by the pale-pinked
zones is not parallel to iso-depth contours, but is oblique
to them and deepens locally in Kanto (Figure 8a).
This local deepening is thought to be caused by the shield
effect of the Philippine Sea slab, which is located immedi-
ately above the Pacific slab. The two slabs are in direct
contact under Kanto, and the contact zone between the
two is indicated as an area enclosed by two broken
lines in the figure. The downdip end of the contact zone
is parallel to the belt-like seismicity beneath Kanto, which
is oblique to the iso-depth contours of the upper plate
interface. Such a clear correspondence indicates that under
Kanto, the Philippine Sea slab prevents the Pacific slab
from being heated up by the mantle wedge and delays
the phase transformation in the slab crust, resulting in
the locally deepened belt-like seismicity in that area
(Hasegawa et al., 2007).

Phase transformation of the slab crust causes an
increase in seismic wave velocity. Therefore, we can
verify from seismic tomography whether the phase trans-
formation is the cause of the belt-like seismicity. Distribu-
tion of S-wave velocity in the slab crust (Figure 8b) shows
that the low-velocity layer persists down to about 80 km
depth in Tohoku; deeper than that, S-wave velocity
becomes high. On the other hand, in Kanto, the depth
range of the low-velocity layer deepens locally in the zone
of contact with the Philippine Sea slab. This means the dis-
tribution of S-wave velocity also confirms the prediction
that the phase transformation is delayed.

Direct comparison with mineralogical research results
does not allow us to verify whether the phase transforma-
tion accompanying dehydration actually occurs at the
depth of this belt-like seismicity. Though accurate
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curves. The zone of contact with the overlying Philippine Sea slab is enclosed by green broken lines.
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temperature distribution in the slab is necessary for such
a detailed examination, unfortunately, many uncertainties
remain regarding the estimation of the temperature in the
slab. However, it is possible to make at least a rough esti-
mate. In the vertical cross section in Figure 9, the facies
boundaries estimated based on the phase diagram of
midoceanic ridge basalt (MORB) by Hacker et al. (2003)
and the geotherm by Peacock andWang (1999) are shown
as broken lines. The concentration of earthquakes forming
the belt-like seismicity is found around the facies bound-
ary in the shallower areas (B in the figure). That approxi-
mately agrees with the prediction based on the
dehydration embrittlement model. As another example,
the facies boundary determined by using theMORB phase
diagram by Omori et al. (2009) and the subducted slab
geotherm by van Keken et al. (2002) are indicated as
a dashed-dotted line (D) in the figure. In this case also,
the facies boundary approximately agrees with the loca-
tion of the belt-like seismicity. Since many uncertainties
remain in the estimation of the slab temperature, we need
further validation for the location of the facies boundary.
At any rate, the facies boundary must be strongly depen-
dent not on pressure but on temperature.
Deep earthquakes
As described in previous sections, seismic observations
seem to support the dehydration embrittlement hypothesis
for the generation of intermediate-depth earthquakes, at
least those in the crust of the slab. Focal depth distribution
of global seismicity (Figure 3) shows that the frequency of
earthquakes, after a nearly monotonic decrease from
shallow depths, recovers at a depth of about 300 km and
gradually increases until the local maximum at
500–600 km. This may suggest that a different mecha-
nism is working for the generation of deep earthquakes.

Several hypotheses have been proposed for the genera-
tion of deep earthquakes. There exists the difficulty in
generating deep earthquakes as already described in sec-
tion “Intermediate-depth earthquakes: double seismic
zone.” Three mechanisms out of those proposed so far
seem to overcome the difficulty. One is the shear heating
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instability of creep (Griggs and Handin, 1960; Ogawa,
1987). Plastic creep of minerals produces heat, while high
temperatures promote creep. Therefore, positive feedback
promoting creep would arise if the creep of a thin layer
occurs at a higher rate than the heat produced by the creep
diffuses into the surrounding area. Thus, the creep acceler-
ates, and finally the thin layer of material begins to melt,
producing dynamic slip on the layer, that is, occurrence
of an earthquake.

The second hypothesis is the transformational faulting
(Kirby et al., 1987; Green and Burnley, 1989). Olivine in
the mantle of the slab transforms to b-spinel associated
with the subduction of the slab. The phase transformation
does not occur simultaneously but originates sporadically
here and there, forming small lens-shaped spinel phases.
The phase transformation proceeds as these spinel lenses
expand. The spinel lenses will be formed in a direction
perpendicular to the maximum compressive stress axis
due to volume reduction occurring in the phase transfor-
mation. At the same time, compressive stress will arise
at the tip of each spinel lens due to volume reduction as
the phase transformation proceeds. This compressive
stress promotes the phase transformation. In this way,
the spinel lens expands as if it were a crack. Green and
Burnley called this spinel lens anticrack. At some critical
anticrack density, those anticracks that are aligned on
a plane directed obliquely to the maximum compressive
axis at an acute angle are connected with each other and
become unified, producing a dynamic slip on the plane,
that is, the occurrence of an earthquake.

The last one is the dehydration embrittlement.
Although this hypothesis seems to work for the generation
of intermediate-depth earthquakes as already explained,
some researchers argue that the dehydration reaction con-
tinues to occur in the mantle of the slab at greater depths
and that dehydration embrittlement is responsible also
for deep earthquakes (Omori et al., 2004).

It is not clear which of the three mechanisms is actually
working, or if another completely different mechanism is
responsible for generating deep earthquakes. More inves-
tigations are required for an exact understanding of the
mechanism by which deep earthquakes are generated.
Summary
Recent investigations have significantly developed our
understanding of generation mechanism for earthquakes
in subduction zones. Asperity model seems to be applica-
ble to interplate earthquakes. This gives us a theoretical
background for long-term earthquake forecast: Place
and magnitude of future earthquakes can be estimated
from information on locations and sizes of asperities on
the plate boundary. Dehydration embrittlement model
seems to work as the generation mechanism for intraslab
intermediate-depth earthquakes, particularly for earth-
quakes in the slab crust. Aqueous fluids expelled by the
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dehydration reaction in the subducted plate migrate
upward, finally reaching the arc crust. Recent investiga-
tions have shown that the fluids thus supplied originally
from the subducting plate play an important role in gener-
ating shallow inland intraplate earthquakes. Generation
mechanism for deep earthquakes is still an open question.
More systematic and intensified studies are expected to
resolve it.
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Synonyms
Anatomy of seismograms; Reading seismic records;
Structure of seismograms

Definition
Seismogram interpretation. Identification of various
phases appearing on seismograms (measurable changes
in frequency and/or amplitude), including the recognition
of the waves with respect to possible travel paths through
the Earth.

Introduction
A seismogram is the recording of earth motion (displace-
ment, velocity, or acceleration) as a function of time. Its
appearance reflects the combined effects of the source,
the propagation path, the characteristics of the recording
instrument (see Seismic Instrumentation), and the ambient
noise due to the specific conditions at the particular
recording site. To decipher the often complicated form of
seismogram traces requires an extensive knowledge of
source physics, structure of the Earth, wave propagation,
and earthquake geography. In the early years of observa-
tional seismology, say, prior to 1960, the analyst was
essentially reading short- and long-period analog
seismograms made on smoked, photographic, or heat-
sensitive paper or by ink-pen recorders. Approximately,
in the middle of the 1980s, the situation changed dramati-
cally. The advent and extensive deployment of broadband
digital seismometers with large dynamic ranges
complemented with an access to fast, powerful computers
opened for seismogram interpreters new possibilities
never expected before. Today, the interpreter performs
easily a set of operations that significantly improve and
accelerate the process of phase identification on digital
seismic records. These include, for example, rotation of
seismogram components and particle motion techniques.
Digital multichannel data serve as input for frequency-
wave number analysis and polarization filtering. Synthetic
seismograms model observations and phase onsets
revealed on seismograms can be associated within narrow
time windows with theoretically predicted onset arrival
times.

Velocity models for radially stratified Earth have been
developed to provide travel times for major seismic waves
for the purpose of earthquake location and phase identifi-
cation. In 1987, IASPEI initiated an effort to update the JB
Tables (Jeffreys and Bullen, 1940), which have served for
50 years, by constructing new global travel-time tables.
With access to an extensive ISC data set (1964–1987) this
effort resulted in two velocity models: iasp91 (Kennett
and Engdahl, 1991) and sp6 (Morelli and Dziewonski,
1993) deduced from empirical smoothed travel-time
curves of the main phases. The two models reveal only
small differences in predicted travel times. With respect
to the older JB Tables, the most significant differences
were found in the upper mantle and core (see Earth’s
Structure, Global). New, iasp91, travel-time tables, which
include also the ancillary phases, were calculated from the
velocity model (Kennett, 1991). For teleseismic P waves,
the new tables are in average 1.8–1.9 s faster than the JB
Tables. The iasp91 model was slightly modified in 1995
and a new model ak135 was proposed (Kennett et al.,
1995). The model is suited for predicting the arrival times
of a wide variety of seismic phases. It is routinely used by
major agencies (ISC, NEIC) in event locations and phase
identifications.

At first sight, it seems that there is a contradiction
between the duration of the rupture at the source, which
takes between a fraction of a second and a few minutes
(depending on magnitude), and the length of the observed
seismogram, which for large and distant shocks can
extend over several hours. The length of the seismogram
depends primarily on various wave propagation effects
such as reflection, refraction, mode conversion, disper-
sion, etc., and has little to do with the duration of the
quake. A seismogram, especially from a distant earth-
quake, will often show a number of more or less distinct
waves, commonly called phases, distributed in time,
which have traveled along different propagation paths
and, which were subjected to different mode conversions.
Numerous manuals for seismogram interpretation have
been available since the early 1950s. Some of them have
been of local/regional importance, but some have gained
worldwide recognition. The latter include works of
Neumann (1951), Simon (1968), Willmore (1979), Payo
(1986), and Kulhanek (1990). The most recent is the man-
ual edited by Borman (2002).
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Essentially, there are two types of seismic waves, P and
S body waves (see Body Waves) and Love (LQ) and Ray-
leigh (LR) surface waves (see Surface Waves). The most
important characteristics of body and surface waves,
which are invaluable in any seismogram interpretation,
are the following:


 Different waves travel with different velocities. At any
epicentral distance, P is recorded first, followed by
S, LQ, and LR.


 Body waves produce records in the high-frequency
range, from 0.1 to 10 Hz, while surface waves occupy
low frequencies of about 0.1 Hz and lower. Exceptions
will be described later.


 Due to different polarization, P-waves are usually bet-
ter displayed on vertical-component seismograms
while S-waves are often best on horizontal-component
records. Fluids do not sustain shear strain and therefore
S-waves do not travel through liquid parts of Earth’s
interior. LQ-waves are exhibited only on horizontal-
component records, while LR-waves are received by
both the vertical and horizontal seismometers. For shal-
low shocks, surface waves usually dominate the
seismogram.


 Surface waves exhibit an important property called
velocity dispersion (see Surface Waves). In practice,
this means that the long period surface waves approach
the station first and are recorded ahead of the “slower”
shorter waves. Ideally, the seismogram of LQ- or
LR-waves will start with long-period motion, which
gradually, as time increases, will turn into shorter and
shorter periods.

Some of these features are demonstrated on the seismo-
gram displayed in Figure 1. There is a sharp P onset
followed after approximately 4 min by a clear S. About
L

SP

Seismogram Interpretation, Figure 1 Long-period, vertical-compo
25, 1981 (M = 6.3, h = 33 km) made at UPP (Uppsala), Sweden, at a
successive time marks (small downward offsets).
2 min after S we observe the arriving LR (vertical-
component seismogram). The clearly dispersive character
of the recorded LR in this case manifests a continental
propagation path signature. The large LR amplitudes indi-
cate a shallow-focus depth. Except for the first P onset, all
later arrivals are contaminated by codas of preceding
phases so that, on the records, there is virtually no interval
of quiescence between individual phases.

In the following description, we introduce several cate-
gories of seismic events. The classification is based on the
distance between the event and the recording site, that is,
on the epicentral distance, which in turn governs propaga-
tion paths along which seismic waves travel through the
Earth’s interior. Events recorded at distances shorter than
about 1� will be called local events. Regional earthquakes
are shocks recorded at distances between approximately
1� and 10�. For epicentral distances 0–10�, seismic waves
propagate through the crust and/or along Moho. Accord-
ingly, we call these waves, crustal waves. At recording
distances 10–103�, the waves travel mainly through the
mantle. For distances larger than about 103�, seismic
waves enter the core or are diffracted along the core-
mantle boundary (so-called core waves). Events observed
at distances larger than 20� (or 30�) are collectively called
teleseisms.

Crustal waves; recording distances 0–10�

In a one-layer continental crust, a source located within
the crust radiates both P and S waves, which will be
recorded along the Earth’s surface. These waves are
encoded as Pg and Sg. The subscript g refers to granitic
layer. In continental earthquakes it has been often
observed that Sg has the largest amplitude. The nomencla-
ture of seismic phases used in the present article is that of
the IASPEI Standard (Storchak et al., 2003 or Seismic
R

nent, ink-pen seismogram of the Greek earthquake of February
n epicentral distance of 22�. There is 1 min between
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Phase Names: IASPEI Standard). A reflected wave is also
possible from the outer side of the Moho, and the
corresponding reflected P and S waves are labeled as
PmP and SmS, respectively. At larger distances (beyond
the critical distance), we shall record so-called head
waves, that is, P and S waves refracted along the Moho
discontinuity and labeled Pn and Sn. Head waves propa-
gate with velocities of the uppermost mantle. Note that
Pg and Sg exist for all epicentral distances from D=0 and
outwards, while Pn and Sn cannot be observed at distances
shorter than the critical distance, which for a continental
crust is about 100 km. Waves reflected from Moho are
rather scarce and difficult to identify. The best chance to
discern PmP or SmS on records is at very short epicentral
distances where the contamination by Pg and Pn (or Sg
and Sn) is not severe.

At epicentral distances shorter than about 10�, records
are complicated because of lateral heterogeneities in the
crust. In a two-layer crustal model, which includes the
Conrad discontinuity, we record new phases. For epicen-
tral distances larger than about 100 km, these are the
refracted P and S, traveling along the Conrad discontinu-
ity. An asterisk in the superscript position, P*and S*, indi-
cates this phase. An alternative code is Pb and Sb. The
subscript b refers to basaltic layer.
0 20s 40s 60s

Sg

Pg

Pn

Seismogram Interpretation, Figure 2 The Kaliningrad, Russia, eart
broadband station GOT (Gotland), Sweden, at an epicentral distanc
components. There are 10 s between successive time marks.
Let us assume a continental crust with propagation
velocities for Pg, P*, and Pn of 6.0, 6.6, and 8.0 km/s,
respectively. At short distances, less than about 150 km
or so, the first seismic wave arriving at the recording sta-
tion is Pg. For distances larger than critical but less than
about 150 km/s, Pg is followed by P*and Pn, in this
order. P*and Pn travel with velocities significantly higher
than Pg. Therefore, at distances larger than approximately
150–200 km crustal waves change their order of arrival.
For distances larger than about 200 km, the first arriving
phase is Pn, next arrives P*, and then Pg. This is true only
for continental travel paths. Seismograms from earth-
quakes beneath the sea bottom, made at islands or coastal
stations, will not show Pg or Sg since there is no granitic
layer in the oceanic crust. Similarly, quakes originating
in the lower crust, beneath the Conrad discontinuity, do
not produce Pg or Sg phases. Hence, first arrivals on
records from these events will be Pn or P*. With
a certain time delay following the P phases, proportional
to the epicentral distance, the crustal S waves arrive in
the same order as P waves. For local events the order of
S onsets will be Sg, S*, Sn while for events from distances
larger than about 300 km, we observe first Sn followed by
S* and Sg. As an example, a record from a regional earth-
quake is displayed in Figure 2. The first discernible phase
80s 100s 120s

hquake of September 21, 2004 (M = 5.0, h = 15 km) recorded at
e of 335 km. From top to bottom: vertical, N–S and E–W
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is Pn, weakly recorded on the vertical and N-S channels.
It is followed after about 6 s by strong Pg, and after
another 39 s by clear Sg, visible on all three components.
Sn expected to precede Sg by 9 s cannot be identified on
the seismograms.

Short-period S waves, multiply reflected between the
free surface andMoho or other crustal velocity discontinu-
ities, interfere with each other and give rise to a wave
group labeled Lg. There is no clear distinction between
Sg and Lg. Lg waves propagate as guided waves, super-
critically incident on the Moho and multiply reflected
within the (continental) crust with a velocity of about
3.5 km/s. They may dominate the seismograms made usu-
ally at a distance of 5� and larger. Lg are best seen on
horizontal-component records. Some rare cases are known
where Lg propagated over distances of several thousand
kilometers (Kulhanek, 1990).

Near-surface local and regional events (earthquakes,
industrial explosions, rockbursts, etc.) also generate
short-period surface wave of Rayleigh type, labeled Rg.
The presence of Rg in the seismogram is a reliable indica-
tor of a very shallow event with focal depth of the order of
one or a few kilometers. On the other hand, if Rgwaves are
absent (epicentral distance of several hundred kilometers
or less), we are concerned with a deeper natural event, that
is, with a crustal quake at a depth most likely between
5 and 25 km, since all types of man-made events can be
excluded. Rg waves travel with a velocity of 3 km/s or
slightly higher and are usually well recorded up to dis-
tances of about 600 km (Båth, 1983). These waves are
best, but not exclusively, seen on vertical-component
records. An example of a recorded Rg wave is displayed
in Figure 3. The Rg phase is well developed (large ampli-
tudes, clear dispersion) indicating a focal depth of 2 km
or less.

Island and coastal seismographic stations frequently
record so-called T waves (tertiary waves) arriving after
P and S (see TWaves). They are characterized by propaga-
tion within the oceans as ordinary sound waves emitted by
earthquakes near the sea bottom or by submarine volcanic
eruptions. The propagation of Twaves is very efficient and
Pg

Sg

Seismogram Interpretation, Figure 3 Weak, near-surface event (M
(Nynäshamn) at an epicentral distance of 36 km. From top to botto
onsets of Pg (vertical, N–S) and Sg (E–W) and a clear Rg-phase with
vertical and N–S components. There is 1 s between successive time
observations at distances as large as about 80� have been
reported. Observations of T phases have proved useful in
discriminating between underground nuclear explosions,
detonated beneath oceanic islands and tectonic earth-
quakes (Adams, 1979). On records, T phases often exhibit
rather monochromatic oscillations (periods usually less
than 1 s) with a gradual increase and decrease of ampli-
tudes of total duration up to several minutes. There is no
sharp onset in the T phase group, which creates difficulties
when reading the Tarrival times. In general, there is a great
variety in the appearance of T phases due to the depen-
dence upon the bottom topography in the vicinity of gen-
eration, oceanic stratification, and water-land conversion
and transmission.

Appearance of seismograms made at local and/or
regional distances varies from place to place mainly due
to lateral variations in crustal structure. It is, therefore, dif-
ficult to list generally valid clues for record interpretation.
Nevertheless, following principles may guide the analyst
to read seismograms and evaluate software solutions of
local and regional earthquakes.


 Predominant periods of recorded crustal waves Pg, P*,
Pn, Sg, S*, Sn, etc., are normally less than 1 s.
Rg periods are usually not longer than several seconds.


 Often, Sg has the largest amplitude (when large short-
period Rg is missing), best on horizontal-component
records. At larger distances, Lg may dominate the
records.


 For epicentral distances less than about 200 km
(depending upon the crustal structure and focal depth),
the first arriving phase is Pg. For larger distances, Pn
arrives first.


 Near-surface events, from distances less than about
600 km, often generate short-period Rg with clear dis-
persion, best seen on vertical channels.


 Local and regional events of low or moderate magni-
tude are characterized by short total record duration,
usually not exceeding several minutes.


 Island and coastal seismographic stations frequently
record various types of T-phases.
Rg

~ 2) in southern Sweden, recorded at broadband station NYN
m: vertical, N–S and E–W components. There are strong
distinct dispersion, about 2 s after Sg, best developed on the
marks at the bottom. (Note: epicenter almost due north of NYN).
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Body waves traversing the mantle; recording
distances 10–103�

Mantle, in contrast to the overlying crust, may, in the first
approximation, be considered as laterally homogeneous.
At distances around 10�, Pn and Sn become difficult to
identify in the records. Instead, P and S phases show on
seismograms. Some workers consider the distance range
between 10� and 103� as ideal to record not only the direct
P and S waves, but also the whole family of reflected and
converted waves. Travel paths of these waves are domi-
nated by the mantle and corresponding seismograms are
relatively simple.P is usually stronger on the vertical com-
ponent, while S is more clearly seen on horizontal compo-
nents. S often exhibits wave trains with longer periods
when compared with corresponding P. Large-amplitude
S waves are often observed at distances up to about 100�.

A direct P reflected from the free surface once or twice
is called PP or PPP, respectively. In the same way we have
also SS or SSS. For distances larger than about 40�, the
free-surface reflected phases become very distinct. At dis-
tances around 100� and larger, PP and SS often belong to
the largest recorded body waves. Converted waves like PS
and SP appear only at distances larger than 40�. Examples
of seismograms with free-surface reflections are displayed
in Figure 4.

Core-reflected phases, that is, waves reflected back into
the mantle from the outer core-mantle boundary are
labeled PcP and ScS. Including mode converted waves,
we have also PcS and ScP. Because core-reflected phases
emerge steeply, ScP is usually stronger on vertical compo-
nent records than PcS. Large core-reflected phases are
usually recorded at shorter epicentral distances, say at
40� or less. At distances around 39�, ScP and PcS (surface
PPP

ScS
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SKS + S
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Seismogram Interpretation, Figure 4 The Costa Rica earthquake of
long-period, E–W (upper trace) and vertical-component (lower trace
distance is 84�. There are 100 s between two successive time marks
ahead of S, but the separation is difficult. Both displayed channels
a mainly oceanic propagation path.
foci) are often contaminated with the arrival of direct S and
the phase separation is difficult. When the ray path of PcP
grazes the outer core boundary, the combination of direct
P and PcP is called P diffracted and labeled Pdif (older
Pdiff ).

Waves ascending from the focus to the free surface (in
continents) or to the sea bottom (under oceans), where
they are reflected back into the mantle, are commonly
called depth phases. We can list the four possibilities of
reflections near the epicenter, which are pP, sP, pS, and
sS. The first case, for example, denotes the wave that trav-
eled upward from the focus as P (short leg) and had been
reflected back off the free surface again as P (long leg).
Depth phases, primarily pP, are the most important phases
routinely used in focal-depth estimations. The deeper the
focus, the later is the pP phase in relation to direct P. Thus,
accurately measured arrival-time differences, pP-P, are
reliable indicators of the depth of the focus. Most
teleseismic shallow events (depth of focus around
33 km) will reveal a pP 9–11 s after P (see, e.g., Herrin
et al., 1968). In case of a deeper focus, it is sometimes pos-
sible to recognize several different reflections/conversions
from the free surface, for example, pPP, sPP, pPS, sPS,
pSP, etc. Interpretation of depth phases must be done with
utmost care since, for example, pP from a deep event can
easily be erroneously interpreted as Pwhen the first arrival
(P) is weak. Similar difficulty emerges for multiple
shocks. Depending on focal orientation and other factors,
sP may be stronger than pP and may be mistaken for it.
Depth phases are sometimes stronger than the direct
P, and may be the first readable phase. We usually require
several records made at different epicentral distances to
make a reliable identification of the depth phase. We can
LR

SSS

35 40 45

August 20, 1999, (M = 6.9, h = 40 km). Exhibited seismograms are
), records made at KONO (Kongsberg), Norway. The epicentral
at the bottom of the figure. For this distance range, SKS arrives

are dominated by a fundamental LR wave, developed along
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also mention less common phases like pmP and pwP (first
identified by Mendiguren, 1971), corresponding to Moho
underside reflection and to water surface reflection,
respectively (Schenk et al., 1989). A thin layer of low-
velocity sediments at the sea bottom may have small
impedance contrast. Hence, short-period records may
show large pwP when compared with pP reflecting at
the sea bottom (Engdahl et al., 1998). pwP can easily be
misinterpreted as pP leading to an overestimation of the
focal depth.

Bolt (1982) introduced symbols like P400P or P650P
to indicate seismic waves reflected at the underside of
a secondary discontinuity, in the upper mantle, at a depth
of 400 and 650 km, respectively. These phases arrive at
the recording station ahead of the expected (calculated)
arrival time for the main PP phase and are interpreted as
reflections from upper mantle discontinuities, that is, as
PdP. When the early arrival time cannot be explained in
terms of known discontinuities as PdP, we call these
onsets early PP or precursors to PP.
Body waves traversing the core; recording
distances 103� and beyond
Due to the diffraction around the core-mantle boundary
(see Earth’s Structure, Global), amplitudes of direct P
waves decay dramatically at distances larger than 100�.
The short-period P reappear consistently on records first
at distances of about 140�. The distance range 103�< D
< 140� is called the shadow zone. On seismograms, Pdif
waves usually show small amplitudes, emergent or grad-
ual onsets and the energy shifts to longer periods. Long-
period Pdif are sometimes observed out to distances of
160� or more. S waves are affected at the core-mantle
boundary in a similar way.

Waves that traveled through the outer core but do not
enter the inner core are labeled PKP (also P0), PKS, SKS
(also S0), and SKP. The SKP phase is stronger on vertical
components than PKS. These phases have a caustic near
130� and close to this distance are often the only phase
recorded on short-period seismograms. At epicentral dis-
tances close to 144�, PKP shows a distinct concentration
of energy, that is, large amplitudes on records. The phe-
nomenon may be viewed in terms of two PKP travel-time
branches denoted PKPbc and PKPab for the first and the
second arrival, respectively. At 144�, the waves from the
two branches coincide, the waves reinforce one another,
which results in energy concentration near that distance.

P waves that traverse the inner core are denoted by I,
giving rise to phases PKIKP, PKIKS, SKIKS, and SKIKP,
although these are often still simply referred to as PKP,
PKS, etc. Phases, with an S leg in the inner core would
include the letter J, such as PKJKP, but these have been
difficult to identify on records. Cao et al. (2005) made
use of high-quality, broadband seismograms from the
Gräfenberg array station, Germany, and identified
a phase with arrival time and slowness consistent with pre-
dictions of PKJKP.
If the studied event is weak, then usually no Pdif is
observed in the entire distance interval D > 103� and the
first arrival seen on the record will be that of PKP. At epi-
central distances 105–120�, PKIKP usually provides the
first onset discernible on the seismogram. In the region
of the caustic, that is, around 144�, the wave train of
recorded core phases becomes particularly complicated.
It is first at distances beyond the caustic point where
observed onsets may be separated into individual PKP
branches. The energy distribution changes with the
increasing distance. PKPbc is the dominant branch just
beyond the caustic, up to about 153�. In records of weaker
events (D = 144–153�), PKPbc is often the first visible
onset since PKIKP (alt. PKPdf ), theoretically preceding
PKPbc, is too weak to be observed. As the distance
increases, PKPbc becomes weaker and vanishes from
records at distances of about 160� and larger. For distances
beyond, say, 157�, PKPab usually dominates the seismo-
gram. PKIKP in the distance range from about 125� to
the caustic is often preceded by early arrivals or precur-
sors, which can arrive many seconds ahead of the main
phase. These are often explained by scattering phenomena
at or near the core-mantle boundary. Subscripts ab, bc, and
df are used in agreement with travel-time charts of Jeffreys
and Bullen (1940). Recorded core phases made at a suite
of seismographic stations at a distance range from 134�
to 173� are shown in Figure 5.

We may form new symbols for the whole family of
waves propagating through the outer core. For example,
PKKP is a P wave reflected from the inside of the
core-mantle boundary, often very pronounced on records
made at distances between 60� and 80�. However, the
striking onset may easily be misinterpreted as a first P
arrival of another event. P waves trapped inside the
Earth’s liquid core and with multiple K legs are called
PNKP, where N�1 is the number of reflections. Multiple
reflections within Earth’s outer core were first observed
by Engdahl (1968). He used records from two deep earth-
quakes and an event in Novaya Zemlya (h = 0) and identi-
fied recorded seismic waves reflected as many as four
times (i.e., P5KP) within the Earth’s outer core. Cases like
P4KP and P7KP have been reported by Bolt (1982).
Waves that traverse the Earth’s interior and are reflected
at the outside or inside of the inner core are labeled PKiKP
or PKIIKP, respectively.

The best chance to observe PKPPKP, or for short P0P0,
is around distances 2 � 144� = 288�, or 72� if we take the
shortest distance from source to station. P0P0 is often well
recorded, arriving about 30 min after P, when most of the
coda amplitudes of preceding phases have already become
faint. P0P0 may in some cases be wrongly interpreted as
a new P or PKP. 72� is also equivalent to 3 � 144� =
432�, so the phase P0P0P0 is also strong at this distance,
and may be observed, for strong earthquakes, about
another 20 min after P0P0. In 1969, first observations of
precursors to P0P0, sometimes called earlyP0P0, were made
(Engdahl and Flinn, 1969). These were interpreted as
P0dP0 analogous to PdP, that is, as reflections of PKP at
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Seismogram Interpretation, Figure 5 Seismograms from a Mid-Indian-Rise earthquake of May 16, 1985 (M = 6.0, h = 10 km) made
at a suite of seismographic stations that sample the epicentral distance between 134.3� and 173.2�. Short-period (left) and long-
period (right), vertical-component records are exhibited. Station codes, epicentral distances, and amplitude scaling are given to the
left of each trace (G. Choy, personal communication; reproduced from Kulhanek, 1990, with permission from Elsevier, Science).

SEISMOGRAM INTERPRETATION 1321
secondary velocity discontinuities within Earth’s upper
mantle. For example, P0650P0 passes through the core
twice and on seismograms precedes P0P0 by about 2 min.

Similar to PKP and PNKP, there are SKS and SNKS
waves, respectively. First SKS waves are observed at dis-
tances between 60� and 70� and the range of observations
extends to distances of 180� or so. SKS exhibits a caustic
point at a distance of about 80� so that the best region to
study SKS waves is that between 70� and 90�. The phase
identification has to be made with utmost care since SKS
recorded at this distance range are often contaminated
with direct S. To mistake S for SKS and vice versa will
adversely affect the epicentral location. At about 82�
(depending upon details in the structural model), SKS
begins to arrive ahead of S (Figure 4). For distances
shorter than about 95�, SKS is usually smaller than S, how-
ever, at distances beyond 95�, SKS amplitudes are quite
large. S and SKS are best recorded on long-period horizon-
tal-component seismograms. The period of SKS phases
may reach several tens of seconds. Occasionally, these
body waves are also seen on short-period records,
although the onset time of the later of the two phases is
usually very emergent due to the contamination by the
coda of the earlier phase.
Body waves from intermediate-focus and
deep-focus earthquakes
Later studies confirmed conclusions from Wadati’s
pioneering work (Wadati, 1927) that intermediate-focus
and deep-focus shocks produce simpler seismograms with
exceptionally well recorded impulsive body waves while
surface-wave amplitudes decrease as the quake becomes
deeper. Strong depth phases, such as pP and sS, are also fre-
quently very distinct on records from deep events. How-
ever, the duplication of principle phases by surface
reflection (e.g., confusion between pP and PP) often com-
plicates the seismogram interpretation. Weak precursors,
pmP, (Moho underside reflections) to surface reflections,
pP, are discussed in Schenk et al. (1989). They are best
observed in long-period records and in continents often pro-
duce clear arrivals. In a more retrospective-type interpreta-
tion, the absence of aftershocks (see Earthquake,
Aftershocks) will support the classification of the shock as
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Seismogram Interpretation, Figure 6 Seismograms from an intermediate-focus earthquake (M = 6, h = 199 km) in the Hindu-Kush
region on September 4, 1993, made at UPP, Sweden, at an epicentral distance of 41�. The traces show long-period channels from
top to bottom: vertical, E–W and N–S components.
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a deep-focus or intermediate-focus event. Figure 6 shows
seismograms from an intermediate-focus earthquake made
at an epicentral distance of 41�. Note the impulsive charac-
ter of the P, pP, PcP, S, and ScS phases; virtually no surface
waves have been recorded from this event.
Surface waves
With exception of very short epicentral distances, long-
period surface waves, LQ, and LR dominate the
seismograms of shallow events. Deep events of the same
magnitude will generate abnormally small (insignificant)
surface waves. This feature provides the interpreter with
a viable tool to discriminate, at first glance, between shal-
low and deep-focus earthquakes. (Note a paradox: under-
ground nuclear explosions, being very shallow events,
generate only small, sometimes invisible, surface waves).
The analyst has several clues to identify surface waves on
the record and to distinguish LQ from LR. While Love
waves are best displayed on horizontal-component
seismograms, Rayleigh waves are best seen on vertical-
component records. Both LQ and LR propagate slower
than P or S, but since LQ propagate faster than LR, they
are recorded ahead of LR. Due to dispersion, long-period
surface waves advance on records toward the beginning
of the wave train as it travels through the medium. An
experienced analyst will distinguish between recorded
surface waves that have traveled along pure oceanic or
continental path. Dispersion of oceanic routes give rise
to long wave trains with rather slow and sometimes hardly
visible period change over relatively long (10–20 min)
record segments (see Figure 4). In contrast, continental
paths generate surface waves with characteristic fast
period decrease with time, which is often easily recog-
nized on records (see Figure 1). Surface waves can also
travel by different modes (overtones), which are often
seen on records as high-frequency components
superimposed on the surface-wave train. We talk then
about fundamental-mode and higher-mode surface waves
(see Surface Waves). Higher modes are most frequently
observed for waves traversing purely continental paths.
Nevertheless, higher modes have in some cases also been
associated with oceanic paths. Surface-wave higher
modes disappear when the waves cross the transition
between continental and oceanic structures. Higher modes
propagate faster than the fundamental mode and are, there-
fore, recorded ahead of LQ and LR.

Dispersion curves (see Surface Waves) show a rather
complicated pattern with several local minima and max-
ima. Surface waves traveling with these minima or max-
ima group velocities are called Airy phases. On
seismograms, an Airy phase is characterized by
a constant-frequency compact wave train, often with
a remarkable amplitude buildup of dispersed surface
waves traveling by fundamental-mode propagation. In
the period range from approximately 50–200 s, the group
velocity of LR (both the oceanic and continental paths)
monotonically decreases with increasing period. Physi-
cally this means that in this period range, long-period RL
waves follow the law of inverse dispersion. Observations
of this phenomenon are rather scarce. An example is
exhibited in Kulhanek (1990).

Extremely long-period surface waves called mantle
waves, with periods from somewhat less than 1 min to
several minutes, have been observed from large distant
shocks. They can be of either Love- or Rayleigh-wave
type. The former propagates with nearly constant speed
of 4.4 km/s and shows an impulsive shape on the seismo-
gram. The latter travels with velocity between 3.6 and
4.1 km/s. Wavelengths of mantle waves vary from several
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hundreds to more than 1,000 km, so that a large part of
Earth’s mantle is affected by these waves. An interesting
feature of mantle waves is their repeated appearance on
records, which is due to their multiple travel around the
Earth. The LQ mantle wave was given the label G (after
B. Gutenberg) and the LR type mantle wave, the label R.
The older nomenclature sometimes uses W instead for R
(from German Wiederkehrewellen, meaning repeated
waves). G waves that propagate the direct and anticenter
routes are labeled G1 and G2, respectively. Waves that
have in addition traveled once around the Earth are
denoted G3 and G4, and so on. Similarly, we have R1,
R2, R3, R4, etc. As an exceptional case we can mention
records of the 1960 Chile earthquake, M = 9.5.
Seismograms made at Uppsala, Sweden, reveal mantle
waves G20 and R20 that have traveled a total distance
equal to that from the Earth to the Moon (Båth, 1979).

Volcanic earthquakes and unusual seismic sources
During eruptive episodes, volcanoes can produce up to
thousands of small earthquakes per day, recorded only at
short distances, say, less than 50 km, from the volcanoes
(see Earthquakes, Volcanogenic). Different categorization
of volcanic earthquakes may be found in the literature. For
example, Minakami (1961) classifies volcanic earth-
quakes into three groups, in accordance with different gen-
eration mechanisms and signal characteristics. (1) A-type
earthquakes with focal depth between 1 and 10 km near
the volcanic magma system. Corresponding records show
clear high-frequency P and S phases. (2) B-type earth-
quakes with foci at depth of 1 km or less. Records reveal
low-frequency coda, emergent onsets, and usually no dis-
tinct S. (3) Explosion-type earthquakes taking place at the
very surface of the Earth. Close to active volcanoes, we
also frequently detect so-called volcanic tremors, which
are due to long-duration, more or less continuous, volca-
nic vibration.

Implosion earthquakes, impact earthquakes (e.g., the
Tunguska, Siberia, impact in 1908), frost actions, low-
magnitude icequakes generated by temperature changes
in glaciers, earthquakes related to large-scale landslides,
etc. are some of the types of events that, together with tec-
tonic earthquakes, volcanic earthquakes, and oceanic
microseisms, belong to the category of natural seismic
sources. There is also a variety of man-made seismic
sources such as industrial and military explosions, cultural
noise (traffic, industry work), mining activity, high dams
(seismicity, triggered/induced), fluid injections, etc. The
source identification, for earthquakes other than tectonic
or volcanic, is usually a task in itself. A classical example
of source identification is the well-known problem of dis-
criminating underground nuclear explosions from earth-
quakes (see Seismic Monitoring of Nuclear Explosions).

Conclusions
Seismogram interpretation, described in this article, is
essentially devoted to the art of identification of various
seismic “arrivals” or wave types visible on seismograms.
It is usually followed by seismogram analysis, which
may include determination of basic source parameters
(origin time, hypocenter location, size) but may also cover
more advanced studies, such as wave-form modeling,
determination of velocity distribution, etc. Obviously,
a large part of seismogram analysis is a domain of
research. Nevertheless, phase identification is a doorway
and without correct seismogram interpretation hardly
any analysis would be possible. Repeated observations
of peculiar phases on seismic records often led to new dis-
coveries of details in Earth’s structure and/or dynamics.
Sometimes, theories were developed in advance, to be
later confirmed by observations (e.g., free oscillations of
the Earth). Seismogram interpretation is a fundamental,
and in our view, also fascinating and rewarding part of
modern seismology.
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Definition
Seismological Networks. Networks of seismographic sta-
tions for the recording of ground motions produced by
seismic waves propagating from natural and anthropo-
genic sources.

Introduction
Seismology has its roots in observations of earthquakes
and earthquake-generated ground motion. Seismological
networks as envisioned by the pioneers in seismology
are now a reality, a reality that is frequently upgraded
and expanded as technology improves. A global system
of broadband seismographs with high dynamic range is
now in place. This is supplemented by many national,
regional, and local networks capable of high-resolution
monitoring of the frequent smaller earthquakes in seismi-
cally active places. Parametric data derived from these
networksmake amajor contribution to national and interna-
tional information services. Because of page limitations, we
can only hope to provide the reader with a glimpse of all
there is to know about seismographic networks.

Global seismic networks
Seismological recordings have been made on Earth for hun-
dreds of years in some form or another. However, global
monitoring of earthquakes only began in the 1890s when
John Milne created 40 seismic observatories to measure the
waves from these events (see Figure 1). Shortly after the
International Geophysical Year (1957–1958), a concerted
effort was made to establish and maintain a more modern
standardized seismic network on the global scale.

Worldwide Standardized Seismograph Network
In the early 1960s, the World-Wide Standardized Seismo-
graph Network (WWSSN) was established. Between
1961 and 1966, 120 WWSSN stations with identical seis-
mic instruments were deployed in more than 60 countries
and islands throughout the world. The WWSSN program
included the collection, review, and copying of the recorded
seismograms, and the distribution of copies to researchers
throughout theworld. Considered one of themost important
advances ever in observational seismology, the WWSSN
produced the data needed to support unprecedented pro-
gress in earthquake, explosion, and tectonic research. In
the years that followed the deployment of the WWSSN,
many of the stations were modernized and expanded into
regions not initially covered. Eighty of the original
WWSSN stations are still in operation and still supported.

International Federation of Digital Seismograph
Networks
In the 1980s, the international seismological community
recognized the new opportunities within its field for
improved understanding of the internal structure and
dynamical properties of the Earth provided by recent devel-
opments in seismograph network technology. It also recog-
nized that rapid access to seismic data networks of modern
broadband digital instruments wherever they might be was
nowpossible. The developments included greatly improved
broadband seismographic systems that capture the entire
seismicwave fieldwith high fidelity (see Figure 2), efficient
and economical data communications and storage, and
widely available, powerful computing facilities.

In view of the above and to take advantage of existing
developing global and regional networks, the Interna-
tional Federation of Digital Seismograph Networks
(FDSN, http://www.fdsn.org/) was formed to provide
a forum for: developing common minimum standards
in seismographs (e.g., bandwidth) and recording charac-
teristics (e.g., resolution and dynamic range); developing
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standards for quality control and procedures for archiving
and exchange of data among component networks; and
coordinating the siting of additional stations in locations
that will provide optimum global coverage.

The FDSN was formed as a global organization, open
to all national and international programs committed to
the deployment of broadband seismographs and willing
to contribute to the establishment of an optimum global
system with timely data exchange. Its membership is com-
prised of groups responsible for the installation and main-
tenance of seismographs either within their geographic
borders or globally. Membership in the FDSN is open to
all organizations that operate more than one broadband
station. However, among the most important contributors
is the Global Seismographic Network (GSN) of the Incor-
porated Research Institutions for Seismology (IRIS), and
the French GEOSCOPE and German GEOFON global
networks. It is important to note that many stations in the
FDSNwere formerly part of theWWSSN program. Mem-
bers agree to coordinate station siting and provide free and
open access to their data. This cooperation helps scientists
all over the world to further the advancement of earth sci-
ence and particularly the study of global seismic activity.

The FDSN goals related to station siting and instrumen-
tation are to provide stations with good geographic
distribution, recording data with 24 bits of resolution in
continuous time series with at least a 20 sample per second
sampling rate. The FDSN was also instrumental in devel-
opment of a universal standard (SEED) for distribution of
broadband waveform data and related parametric informa-
tion. The FDSN system of global network observatories
includes contributions from many international partners
(Figure 3), forming a large backbone of permanent seis-
mological observatories. Developments in communica-
tions and other technological advances have expanded
the role of the FDSN in rapid earthquake analysis, tsunami
warning, and nuclear test monitoring. With such long-
term observations, scientists are now getting a glimpse
of Earth structure changes on human time scales, such as
the rotation of the inner core. Continued observations for
the next 50 years will enhance our image of the Earth
and its processes.
International Monitoring System
Under the Comprehensive Test-Ban Treaty (CTBT, http://
www.ctbto.org/), it is a requirement that there will be an
International Monitoring System (IMS) to detect any clan-
destine nuclear weapon detonation in any environment –
underground, under-water, or above ground. The aim of
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Seismological Networks, Figure 3 Locations of backbone stations in the International Federation of Digital Seismograph Networks
with major partners indicated by symbols. (Courtesy of Rhett Butler, Incorporated Research Institutions for Seismology.)
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the IMS is detection, identification, and location of any
such test, and the technologies involved will be seismo-
logical, hydroacoustic, infrasound, and atmospheric radio-
nuclide monitoring. In support of these technologies, there
will be appropriate means of global communication and an
International Data Centre (IDC) to which monitoring data
will be transmitted.

Seismological monitoring is considered the cornerstone
of the IMS because of the likelihood that tests would be
conducted underground and out of sight. The seismologi-
cal technology required for the detection of earthquakes is
well known, but the problem for the IMS is to distinguish
between signals from weapons detonations, earthquakes,
and non-nuclear explosions in quarrying or mining. There
are so many earthquakes (>200,000 per year) and mining
events worldwide, of similar magnitude to a small nuclear
explosion, that data analysis becomes a key problem. The
seismological verification program therefore includes
intensive study of seismicity and mining operations in
order to develop regional backgrounds.

A global network of 50 “primary” stations in 34 coun-
tries is planned, with two basic equipment packages:
“three-component” (3-C) broadband seismometers, which
act as single detection systems monitoring ground move-
ment in 3 directions – vertically, and horizontally east-west
and north-south; or “arrays” which include 3-C systems
plus a cluster of narrowly spaced vertical-component
short-period sensors distributed to gain optimum signal-
to-noise ratios by waveform correlation. Arrays may con-
tain many detectors located over large areas (up to 200
km2). The advantage of an array station is that it allows
approximate event location on a stand-alone basis. Impor-
tant historical developments such as the LASA, NORSAR,
Graefenberg arrays, andmore recently thewide but densely
distributed USArray, have marked important steps in seis-
mological network development that have facilitated new
research fields and services in seismology. As Figure 4
indicates, approximately half of the proposed stations will
be arrays.

In addition to the primary network, there is to be an
“auxiliary” network comprising 120 stations distributed
among 61 countries (Figure 4). Stations in this network
will mainly consist of existing 3-C stations, which already
form part of the host countries’ seismological monitoring
operations. The purpose of the auxiliary network is simply
to provide additional data to support that from the primary
network in order to facilitate signal discrimination and
hence event detection and location.

Regional seismic networks
National seismographic networks operate within the polit-
ical boundaries of a country, and their primary mission is
to issue rapid alerts to government agencies and the gen-
eral public for potentially damaging earthquakes. National



Seismological Networks, Figure 4 Locations of stations in the CTBTO IMS network (Courtesy of Ronan LeBras, Comprehensive Test-
Ban-Treaty Organization). Symbols defined as follows: filled symbols – operational; open symbols – not yet operational; stars – array
stations: triangles – three-component stations; large symbols – primary stations; and small symbols – auxiliary stations.

Seismic stations contributing
to the Euro-Med Bulletin

Seismological Networks, Figure 5 Locations of the contributing stations to the Euro-Med Bulletin 1998–2007 (Courtesy of
Stephanie Godey, European-Mediterranean Seismological Centre).
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networks typically exchange data with neighboring coun-
tries in order to improve the accuracy of the determination
of earthquake parameters in border regions.

Regional networks play an important role in monitoring
the seismicity of the Earth within a well-defined region.
Regional networks may be part of a national network (e.g.,
USA, China, Japan, and Russia) or may be constituted from
multinational networks (e.g., Euro-Mediterranean region).
The magnitude detection threshold of regional networks is
typically lower than that of the global networks, which
allows for producing bulletins for a specific region that are
more complete than it could be achieved at a global scale.

Local networks focus on a much smaller area than
regional networks. Examples of local networks include
temporary deployments to capture aftershock sequences
of a large earthquake, networks monitoring volcano activ-
ities, and dense local networks installed in urban areas
with elevated seismic risk.

Euro-Med region
The Euro-Med region encompasses Europe, North Africa,
and the Middle East. The European-Mediterranean Seis-
mological Centre (CSEM/EMSC, http://www.emsc-
csem.org) produces earthquake bulletins in the region
70°E 80° 90° 100°

Seismological Networks, Figure 8 Locations of stations belonging
Ruifeng, China Earthquake Network Center.)
since 1998, using parametric data reported by national
and local networks in the region. Its mission is to produce
a rapid comprehensive seismological bulletin and issue
alerts for potentially damaging earthquakes in the region.
The EMSC and the National Earthquake Information Cen-
ter (NEIC) routinely exchange data, and NEIC bulletin
data for the European-Mediterranean region are incorpo-
rated in the EMSC bulletin. Earthquake parameters (loca-
tion, magnitude, phase picks, moment tensors, etc.)
provided by the EMSC are incorporated in the global bul-
letin prepared by the International Seismological Centre
(ISC).

Figure 5 shows the seismic station network that cur-
rently contributes to the EMSC bulletin (Godey et al.,
2006; Godey et al., 2009). All stations are registered at
the International Registry of Seismograph Stations jointly
maintained by the ISC and the NEIC. The recent years saw
a dramatic increase in the number of stations in the region,
especially in North Africa and the Middle East. These net-
works are vital for improving the azimuthal station cover-
age for the events, and thus improving their location
accuracy. Waveform data from most stations contributing
to the EMSC can be obtained from Observatories and
Research Facilities for European Seismology (ORFEUS)
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the coordinating organization for seismic networks in
Europe (http://www.orfeus-eu.org).
United States
In the United States, the U.S. Geological Survey’s
National Earthquake Information Center (NEIC, http://
earthquake.usgs.gov/regional/neic) is the national data
center and archive for earthquake information. Its mission
is to determine as rapidly and accurately as possible the
location and size of all significant earthquakes that occur
worldwide. The NEIC operates 24-h-a-day and issues
rapid alerts for earthquakes larger than magnitude 3 in
the conterminous states of the United States and for those
larger than magnitude 5 globally. The NEIC publishes
global earthquake bulletins on a daily, weekly, and
monthly basis.

The NEIC serves as the National Operations Center of
the Advanced National Seismic System (ANSS), which
includes the ANSS backbone network and regional seis-
mic networks across the United States. Figure 6 shows
the permanent digital seismic and strong motion stations
in the 48 conterminous states of the United States. The
strong motion stations (circles) represent an integral part
of the ANSS network as first arriving phases are picked
70°E 80° 90° 100°

Seismological Networks, Figure 9 Digital seismographic stations
Ruifeng, China Earthquake Network Center.)
on strong motion records and used in the earthquake loca-
tion procedures. Figure 7 shows the regional Southern
California Seismic Network. As in Figure 6, the map is
colored by the peak ground acceleration, a measure of
seismic hazard. The network is much denser in urban areas
and regions with high seismic hazard.
China
The China Digital Seismograph Network (CDSN) has
been established in 1986, with nine digital seismic sta-
tions. During the past 10 years, the Chinese seismic net-
work, both at the national and regional levels, went
through unprecedented improvements. The China Earth-
quake Administration (CEA) has completed the analog-
to-digital transition of the existing analog stations and
deployed a large number of new digital stations (Liu
et al., 2008). Figure 8 shows the currently operating
national network of 145 broadband seismographic sta-
tions. Some of these stations also belong to the FDSN.
Dense regional networks further support the national net-
work. Each of the 31 provinces, autonomous regions,
and municipalities operates regional digital networks. Fig-
ure 9 shows the distribution of the 792 regional seismic
stations.
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The National Earthquake Network Center (NENC)
archives the continuous waveform data from the national
and regional networks and performs real-time data
processing. The NENC issues rapid earthquake alerts for
Ms >4.5 events inside China within 10 min and focal
mechanism solutions in no more than 30 min after the
earthquake occurred.
International Registry of Seismograph Stations
Since the humble beginnings of instrumental global seis-
mology in the late nineteenth century, the number of seis-
mographic stations has steadily increased every year.
Figure 10 shows the number of stations reporting to the
ISC in each year since its operations began. In order to
be able to uniquely identify seismographic stations, the
ISC and the NEIC, in its capacity as World Data Center
A for Seismology, jointly maintain the International Reg-
istry of Seismograph Stations (IRSS). The IRSS represents
a global catalog of seismic stations (currently with some
15,000 registered stations) and contains information about
the station coordinates, instruments, operating networks,
and when a station began/stopped operating. To facilitate
data exchange between networks and organizations, it is
strongly recommended that network operators register
their stations and use the international station codes.
Summary
The high-quality data recorded by seismographic networks
would be of limited value without international coopera-
tion by all countries worldwide in the acquisition and
exchange of seismic measurements and waveforms. This
cooperation is essential for the location of earthquakes,
for understanding the physics of earthquakes, and for stud-
ies of Earth’s internal structure, properties, and processes.
One of the latest challenges to acquiring, processing, and
distributing data from seismographic networks by data
centers globally is the automatic performance of traditional
tasks in as close to real time as current technology permits.
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Definition
Exposure: Elements at risk; an inventory of those people
or artifacts (and their characteristics) that are exposed to
a hazard.

Seismic Hazard: A potentially damaging physical
event, a phenomenon induced by an earthquake that may
cause loss of life or injury, property damage, social and
economic disruption, or environmental degradation. Seis-
mic hazards can be single, sequential, or combined in their
origin and effects. Each hazard is characterized by its loca-
tion, intensity, frequency, and probability.

Seismic Risk: The probability of harmful conse-
quences, or loss of life or injury, property damage, social
and economic disruption or environmental degradation,
resulting from interactions between seismic hazards and
vulnerable conditions.

Vulnerability: The degree of loss of life or injury, prop-
erty damage, social and economic disruption, or environ-
mental degradation to a given element (or set of elements)
resulting from a given hazard at a given level of intensity.
Introduction
AGlobal Earthquake Model (GEM) is being developed to
establish an independent, uniform standard to calculate
and communicate earthquake risk worldwide. By devel-
oping much-needed tools and software for reliable seismic
risk assessment for basic and expert users in all regions of
the world, GEMwill provide necessary input for increased
earthquake risk awareness and the undertaking of mitigat-
ing action.

The GEM initiative is organized as a public–private
partnership, while an international community of scien-
tists and professionals drives the development of the
global earthquake model.

The work for GEM started in 2009, and a first compre-
hensive model plus accompanying tools and software, will
become available by the end of 2013. Although much of
the work is under development at the moment this article
is being written, it is felt to be important to report on the
initiative in this encyclopedia, because the global earth-
quake model will constitute an important contribution to
the scientific community.
Scientific needs for GEM
The assessment and subsequent mitigation of earthquake
risks is among the ultimate goals of both applied seismol-
ogy and earthquake engineering. In spite of the fact that
earthquake occurrence is globally a steady process and
that most seismic events occur in uninhabited areas, the
explosion in urban development and the enormous growth
in the number of megacities in earthquake-prone areas
(Figure 1), has considerably increased the seismic risk
worldwide. Both cities in developed countries, like Tokyo
or Los Angeles, and cities in developing countries, like
Kathmandu or Jakarta, can suffer substantial damage due
to a large earthquake in the next future. In fact, over
600,000 people died in the last century due to earthquakes
(reference to USGS web site). Most of those deaths
occurred in developing and emerging countries.

In many earthquake-prone regions, no seismic risk
models exist, and even where they exist, they are not
widely accessible. Such models are needed for accurate
assessment of risks by (local) scientists, engineers, and
practitioners, in order to promote mitigating actions, such
as improvement of building codes and construction, sus-
tainable land use, improved response, and protection
of critical infrastructures. In order to have an effect on
society at large, however, such models and the informa-
tion resulting from it are needed as well by individuals
and (international) organizations, to become aware of seis-
mic risk and to undertake mitigating actions such as
obtaining insurance, improved project management, and
allocation of budgets for hazard mitigation.
The GEM initiative
By functioning as a community effort, the GEM initiative
will produce a state-of-the-art dynamic and updatable
model for the assessment of seismic risk worldwide;
a model that is based on the probabilistic assessment of
earthquake occurrence, the resulting ground motions,
and the impact these have on structures and populations
in terms of damage, social and economic loss. A model
with underlying databases, that can be improved and
enlarged with future data, and can be openly accessed
through user-friendly software for data analysis and pro-
duction of results, that can be also improved as our knowl-
edge and technical capabilities rise in the future.

The global earthquake model is being designed and
built by hundreds of experts and practitioners around the
world, to ensure that less-monitored areas are also covered
and to establish uniform standard, which allow for risk
comparisons between countries and regions and for
benchmarking output obtained through other sources.
The model will reflect the needs, knowledge, and data of
a variety of end users through GEM’s extensive partner
network. Such partnerships are essential in making sure
that the information reaches the people that need it.

Technology transfer on the use of the software together
with workshop opportunities will be provided, especially
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in areas where risk assessment tools and data are currently
less available.

A cooperative public–private partnership
The construction of the Global Earthquake Model is
a cooperative public–private endeavor, and GEM is,
therefore, structured as a partnership among country gov-
ernments, private organizations, research institutions,
international organizations and global risk initiatives,
NGOs and individuals. The partnership includes
a number of authoritative global institutions, such as the
World Bank, the OECD, UNESCO, and UN’s Interna-
tional Strategy for Disaster Reduction, but also the two
largest international professional associations in the field:
IASPEI (International Association of Seismology and
Physics of the Earth’s Interior) and IAEE (International
Association for Earthquake Engineering), countries such
as New Zealand, Norway, and Switzerland, and a number
of prominent private corporations. Moreover, there are
hundreds of institutions, organizations, and individuals
involved in GEM that contribute expertise, data, or soft-
ware, respond to requests for proposals, participate in
regional programs, and take part in reviews and public
assessments. Participation of individuals and institutions
worldwide ensures that the model is owned by the global
community and reflects its needs and knowledge.

History
The idea for a Global Earthquake Model was born during
a workshop called “Earthquake Science and its Contribu-
tion to Society” organized by the OECD’s Global Science
Forum in 2006. It was felt that a Global Earthquake Risk
Scenario Map should be created. Various workshops
followed in which the idea transformed into the creation
of a Global Earthquake Model. Munich Re decided to
sponsor the initiative in 2007. In 2008, the business plan
Seismic ris
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People
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Seismology, Global Earthquake Model, Figure 2 The current desi
for GEM was finalized and more partners were brought
in to create a public–private partnership. The Eucentre
was awarded the GEM Secretariat at the end of that year.
In March 2009, the GEM Foundation was incorporated
as a nonprofit foundation and that marked the start of the
GEM initiative.

Scientific framework
The GEM scientific framework serves as the underlying
basis for constructing the model, and consists of three
principal integrated modules (Figure 2: Scientific Frame-
work): Hazard, Risk, and Socioeconomic Impact.

Seismic risk is defined as a product of seismic hazard
(the probability of levels of ground shaking, resulting
from earthquakes, within a given time span), seismic vul-
nerability (the probability of loss given a level of ground
shaking), and exposure (the elements at risk – mainly
buildings, critical infrastructure, and humans). Risk gives
an indication of the extent of loss (damage, fatalities, casu-
alties) that can be expected in a given location in the
world. Risk can, therefore, be high in an area without sig-
nificant probabilities of ground shaking, because it has an
older, more vulnerable, and densely populated building
stock, and lower in an area with high levels of seismicity,
but with well-constructed structures that are sparsely
inhabited. Earthquakes, however, have an impact that goes
beyond physical damage or casualties. Earthquakes can
severely damage the economy and influence society and
social well-being. Therefore, GEM will include innova-
tive methods for analysis and evaluation of the impacts
of earthquakes on the short, medium and long term, on
local and global scales. There will also be applications that
build upon the model, such as a tool for cost-benefit anal-
ysis, allowing users to understand what effect certain mit-
igation actions, strengthening of the building stock for
example, will have on the risk. Insight into earthquake
effects over time will directly support decisions on
k
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short-term needs after an event (relief, shelter), medium-
term needs (recovery and reconstruction), and long-term
needs related to policies on risk mitigation.

Implementation and current status
In June 2010, the GEM initiative has been able to deliver
a proof-of-concept for hazard and risk calculations on
a global scale. This will be the basis for development of the
final GEM risk engine and the model. The model building
process and engine are described in more detail further on.

International consortia, involving hundreds of profes-
sionals and institutions, are working on the creation of
necessary standards, databases, and methodologies on
a global level. These are the global components of the
model. The work on Hazard Global Components has
started and will be delivered in 2012. The work on Risk
Global Components will start in the fall of 2010 and will
be delivered in 2012 and 2013 and the work on the Socio-
economic Global Components will take off in early 2011,
with the goal to be finalized in 2013. The Global Compo-
nents are further specified below.

Programs are being setup in many regions of the world
as independently run, bottom-up projects, and links are
established with ongoing regional programs. Both such
programs are defined as GEM Regional Programs and
involve a great number of local experts who will use
GEM software, will generate local data, will validate the
data and standards that were created on a global level,
and will serve as a starting point for technology transfer
in the region. Currently, three GEM Regional Programs
are operational: in the regions of Europe and the Middle
East, and collaboration is ongoing in Central America.
Programs are being prepared in Africa, South-Asia,
South-East Asia and Oceania, Central Asia, South
America, the Caribbean, North-East Asia.

Global components
Global Components are the scientific modules of GEM that
are developed at a global scale to provide standards, models,
tools and data. Global components will provide the basic
input to the model, but the Regional Programs will deliver
detailed feedback and input from a local point of view.

To ensure that Global Components are developed by the
international scientific community, GEM releases Requests
for Proposals. These RfPs are developed by a group of inter-
national experts on the topic, and peer reviewed through an
open public commenting system. International consortia,
groups of institutions, and individual experts respond to
these calls. All proposals are peer-reviewed by at least four
external reviewers and extensively discussed by GEM’s
Scientific Board, who prepares an advice for GEM’s
Governing Board. Finally, for each component, one consor-
tium is selected to carry out the work.

At the moment of this writing, proposals for the hazard
and risk global components have been selected and the
work has started or is about to start. The global component
for socioeconomic impact is under development.
The hazard module
Five global components on seismic hazard are being
developed as input to the global earthquake model:

Global historical catalog and database
The record of past earthquakes is among the most impor-
tant means to evaluate earthquake hazard, and the distribu-
tion of damage associated with past earthquakes is a key to
assessment of seismic risk. The instrumental seismic
record has only a 100-year span, and yet no plate boundary
is so active that this period is sufficient to capture the full
range of seismic behavior. Extending the record of large
damaging earthquakes several hundred years longer, and
in exceptional cases by 1,000 years, is thus extremely
valuable. This requires damage descriptions to be
converted to numerical intensity scales, and the estimation
of magnitude, location, and their uncertainties. Currently,
an International consortia is working on the best and most
efficient way to make use of the historical earthquake
record, honoring at the same time its uncertainties and
regional differences in quality and extent.

Global instrumental seismic catalog
An International consortium is building a reliable and uni-
form global instrumental earthquake database (1900–
2009). A uniform location procedure to relocate global
earthquakes from 1900 to 2009 shall be used, and stan-
dardized methods for computing both associated homoge-
neous surface-wave magnitude (MS(BB)) using amplitude
and period data and associated moment magnitude (MW)
from published seismic moments (M0) and also proxy
values, MW[Mx], converted from other types of primary
magnitudes [Mx] using empirical relationships (Scordilis,
2006; Bormann et al., 2009; Bormann and Yadav, 2010).
A recent example of such catalog structure and philosophy
has been published by Yadav et al. (2009). In addition to
producing a uniform global earthquake catalog, the data-
base will also keep track of original input data files and
documentation. These materials will allow seismologists
to extend earthquake studies to a lower magnitude thresh-
old for a better coverage of seismicity, especially in local
and regional areas. The catalog will be the primary tool
to be used to characterize the spatial distribution of seis-
micity, the magnitude–frequency relation, and the maxi-
mum magnitude.

Global active fault and seismic source database
Tectonic earthquakes are fault ruptures; seismic hazard
assessments should, therefore, incorporate an inventory
of active faults. Despite this, many seismic hazard assess-
ments do not consider faults at all, or do so only sparingly
because the requisite fault data are absent or inadequate.
The need to incorporate active faults in the computation
of a seismic hazard map, in order to estimate reliably the
future strong ground motion, has been recognized long
ago (Wesnousky et al., 1984; Wesnousky, 1986). Within
the scope of GEM, a uniform global active fault and seis-
mic source database is built, with a common set of
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strategies, standards, and formats. The database will be
publicly available. The effort is building upon the 1989–
2004 International Lithosphere Program’s Major Active
Faults of the World. Since some faults cut the earth’s sur-
face and others do not, there will be both observational
elements (active faults and folds that have slipped in the
past 10–100 kyr) and interpretative elements (inferred
seismic sources) to the database. In addition to collecting
the best fault information presently available, appropriate
mechanisms to capture new fault data as it becomes avail-
able, to capture the rapid expansion of fault knowledge
and the ongoing debate about fault geometry, kinematics,
and interaction are also being developed.

Global geodetic strain rate model
In the assessment of seismic hazard, seismic catalogs and
active faults database provide complementary means for
identifying zones of earthquake hazard. The geodetically
measured secular strain rate provides an independent
benchmark for crustal deformation and thus the recurrence
of large earthquakes. The creation of a comprehensive and
uniform model for geodetic strain rates is the scope of this
global component. The consortium will critically review
all global and regional studies since 1994 and will signif-
icantly update the Global Strain Rate Model of 2004.
Moreover, they will assess whether the estimated fault slip
rates and earthquake activity rates are consistent with the
long-term strain accumulation measured from Global
Positioning System (GPS) (or derived from interferomet-
ric synthetic aperture radar – InSAR).

Global ground-motion prediction equations (GMPEs)
A source of variability in hazard results obtained in small
regions has traditionally been the derivation and use of
local GMPEs, which are often based on insufficient data.
Another factor influencing the variability of hazard results
is the large statistical uncertainty of ground motion predic-
tions; in recent years, a number of promising advances
have been made – the Next Generation Attenuation
(NGA)models (Power et al., 2006) – allowing to correctly
account for various effects such as local site conditions,
style-of-faulting effect, hanging-wall effect, etc., on
ground motion predictions. Within the scope of GEM,
by compiling a global reference hazard assessment model,
a harmonized suite of GMPEs is developed, built on the
most recent advances in the field.

Local soil conditions have a large influence on the seis-
mic ground motions. The International consortium
involved in this component is furthermore working on
adopting a unified strategy to (a) determine seismically
effective soil parameters, preferably based on the average
S-wave velocity over the upper 30 m, VS30, or, alterna-
tively, derived from topography data (Wald and Allen,
2007; Allen and Wald, 2009) on a worldwide level, and
(b) to represent the spatial distribution of soil classifica-
tion, as for example proposed by NEHRP (Martin, 1994;
BSSC, 2004) or EuroCode8 (CEN, 2004), compatible
with the GMPE models.
The risk module
Five Global Components on seismic risk are being devel-
oped as input to the global earthquake model:

GEM ontology and taxonomy
Within the fields of hazard and risk assessment, diverse
terminology is used and different meanings are sometimes
attached to the same words. In order to achieve a shared
understanding across the disparate fields and endeavors
encompassed by GEM, an international consortium will
develop some methodological foundation and terminol-
ogy. Ontology refers to the entire framework that guides
the development of the global earthquake model – the
set of concepts and the relationship between these con-
cepts that will allow determination and communication
of earthquakes risk. The GEM Ontology will be general
and comprehensive enough to be long-lasting, but must
be adaptable to future conditions. Taxonomy, a part of
ontology, refers to the classification of things in an ordered
system, reflecting their relationships. The GEM Taxon-
omy will be an earthquake-related system of classifica-
tion, set of terminology, encompassing hazard, risk, and
socioeconomic realms. The adopted Ontology and Taxon-
omy will be evaluated and tested and finally globally pro-
moted and disseminated in a continuous way.

Global earthquake consequences database
The international consortium working on this global com-
ponent will create a global database of earthquake impacts
and consequences. They will assemble and store in
a structured and web-accessible way both data (including
photos) already acquired and data yet to be acquired fol-
lowing future events. Data (both statistical and observa-
tional) typically covers building damage, damage to
lifelines and other infrastructures, ground failure, human
casualties, social disruption, and financial and economic
impacts. All damages will be geographically referenced
and viewable on a global mapping system. The database
will be equipped with analytical tools enabling data fields
to be post-processed across events, globally or within
regions.

Global exposure database
Compiling an open database of the global building stock
distribution with associated uncertainties containing the
spatial, structural, and occupancy-related information for
damage, loss, and human casualty estimation models is
the focus of this Global Component. The International
Consortium working on this will identify, evaluate, and
homogenate the various existing databases at country,
regional, and city levels throughout the world. Within an
appropriate grid cell resolution, the inventory will include
the total number of buildings, their floor area, the relative
distribution of building types (e.g., timber, masonry, R/C,
steel) along with some performance-influencing features,
such as construction quality and year of construction.
Moreover, the relative distribution of occupancy types
(e.g., residential, industrial or agricultural) and the
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temporal population (e.g., day- and nighttime) within each
cell and for each building type will be considered. Finally,
the presence of critical facilities and infrastructures for
emergency relief will also be identified for each cell.

Inventory data capture tools
This Global Component aims to provide the tools that will
enable the capture and transfer of high-resolution inven-
tory data into either the Global Exposure Database or
Global Earthquake Consequences Database. Both data
collected using remote sensing or acquired from direct
observation will be merged in this process.

Interpretation of low, medium, or high spatial resolu-
tion satellite imagery and of aerial images is foreseen for
data capturing. This will involve the determination of
geo-referenced footprints of buildings, vegetation (impor-
tant for post-event fire spread), and other infrastructure
(e.g., roads, lines, reservoirs). Appropriate software will
upload and aggregate such data into a neighborhood or
grid level of resolution. Direct observation on the other
hand implies street-front direct inspection or interpretation
of street-front data from photographs.

Global vulnerability estimation methods
The global vulnerability assessment comprises the estima-
tion of the degree of direct loss due to building damage.
Direct loss means both human losses (injuries and fatali-
ties) as well as economic losses (repair costs, downtime,
etc.) arising from the damage due to ground shaking at
a given level. The goal of this global component is to pro-
vide methods and standards for vulnerability assessment
that can be applied to a wide taxonomy of structures.
The International consortium working on the component
will derive a number of initial “default” functions that
can be applied on a global scale. The methods will account
for varying levels of detail in the input data, include the
characterization of uncertainties, and account for the influ-
ence of retrofitting on the vulnerability.

The socioeconomic impact module
This module is considered as a single global component,
which will allow for assessment of social and economic
consequences of earthquakes, further and beyond those
direct losses considered in the risk module, with the
goal to provide users with a wide array of methods useful
to communicate impacts of seismic events. The module is
envisioned as a toolbox that shall gather a comprehensive
set of models, metrics, data, and tools to be organized
following spatial, temporal, and user principles under
a standardized, clear, and simple framework.

To achieve this goal, GEM will propitiate the develop-
ment of a framework for compiling state-of-the-art, widely
accepted, useful methods for diagnostics and decision-
making. The toolbox will be initially populated with
methods generated by GEM in partnership with an inter-
national consortium, and after that through a constant pro-
cess of interactions and consulting with the wider
community. The toolbox will permit, to the extent
possible, the integration of methods, and include inter-
faces for end users to input data and parameters, to con-
duct sensitivity and counterfactual analysis, to evaluate
alternative policy interventions, and, to visualize results.
Case studies are expected to be generated using the
methods included in the toolbox.

All the tasks to be conducted within the social and eco-
nomic impact module shall be performed following
a participatory framework that will encompass GEM, its
partners, and the wider community. This must be the case,
given the multidimensional character and the complexities
involved in linking variables from the natural, social, and
economic systems, and considering that no consensus has
been perceived regarding a precise definition of social and
economic impacts of earthquakes and the methods for
measuring or addressing them.

Model building
Currently, GEM risk engine is being developed. The
engine will allow for calculations on a global level and,
therefore, needs to be able to incorporate the data, stan-
dards, models, andmethods developed by the international
community through the Global Components and Regional
Programs. A proof-of-concept of the engine has been
delivered in June 2010, demonstrated by first hazard and
risk calculations on a global scale, which resulted in pre-
liminary global output. This output, however, has not been
validated and will only be used internally to propel further
development. The GEM risk engine is characterized by
open-source development; hence development and
enhancement by a wider community of expert users and
programmers. It will be platform-independent, modular
(using object-oriented language), flexible (as to allow for
future multi-hazard calculations), expandable (in terms
of methodologies employed), and scalable.

In order to serve the needs of various users, an under-
standable user interface is being constructed
encompassing tools and software for transparent earth-
quake risk calculations, and risk communication, incorpo-
rating the latest technologies for sharing and contributing
data between users.

Outcome and future
GEM is going through a continual user-needs assessment
effort, to ensure that the software and tools that are being
developed meet the needs of a wide range of possible
users. Partnerships and an active user-community are the
ingredients that support the initial use of the tools and sub-
sequent adoption of the information that the global earth-
quake model produces, as a necessary first step toward
awareness and risk-mitigating behavior.

The main output of GEM’s first 5-year working pro-
gram will be the OpenGEM platform, which will allow
basic and expert users to run applications, access seismic
risk information on local, national and regional scale,
and visualize the latter in maps, curves, tables and export
these in compatible formats. Basic users are likely to want
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to view output produced by the global earthquake model,
perhaps that related to the location of their own house.
Expert users will be able to “plug in” their own data and
run their own calculations. Because not everyone will be
able to access an internet portal, or would like to run calcu-
lations through the internet, a stand-alone OpenGEM soft-
ware package will be an important derivative.

GEM will, however, produce more than a platform for
risk assessment. Global harmonized databases within the
fields of earthquake hazard, vulnerability, exposure, and
socioeconomic impact will be made available, such as
a global earthquake consequences database and a global
historical seismic catalog. GEM will also produce best
practices and standards related to many aspects of seismic
risk assessment, which will help the community to work
together under a common framework at a global scale.
A community development platform for the computational
engine will allow for open-source and object-oriented
development of the GEM risk engine by the community.
Programmers and other experts will be able to test, use,
and further improve GEM’s software code. Finally,
there will be technical reports for the (scientific) commu-
nity to use, and technical training programs andworkshops
for diffusion of the knowledge on GEM software and use.

After completion of the first working program, GEM
will continue its activities and work on extending the
model, maintenance and improvement of the tools, will
support the needs of an ever-growing user community,
will work on dissemination of products and results and
the development of new applications and partnerships.

The future challenge for the scientists will probably be
not so much to invalidate the concept of GEM, but to
improve its global components (methods, data and stan-
dards), as our scientific knowledge of the earthquake gen-
eration, seismic wave propagation, and their impact on the
built environment – with all the related consequences –
will advance in the years to come.

Current developments of the GEM initiative can be
followed on www.globalquakemodel.org.
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Introduction
Monitoring of the Comprehensive Nuclear-Test-Ban
Treaty (CTBT) entails the detection, identification, and
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characterization of atmospheric, underwater, and specifi-
cally underground nuclear tests, and the discrimination of
nuclear explosions from other artificial and/or natural events
such as quarry blasts and earthquakes (CTBTOPrepComm.,
2009a). Matching the needs of verification deals with seis-
mic, infrasound, and hydro-acoustic, as well as radionuclide
monitoring systems. At present the CTBT verification sys-
tem specified by the treaty has three major components: the
International Monitoring System (IMS) with a global net-
work of 337 monitoring facilities; the International Data
Centre (IDC) for the processing of observational data; and
an On-Site Inspection (OSI) regime that utilizes a series of
high-resolution technologies and has many similarities to
the emergency on-site observation of disaster areas such as
themeizo-seismal regions of large earthquakes. In this verifi-
cation system, seismic monitoring has been the leading sub-
ject, due to three aspects: (1) Since 1980 up to this time of
writing (2010), all nuclear tests have been conducted under-
ground, and seismic monitoring is the most efficient way to
monitor tests in that environment. (2) Development of seis-
mic monitoring played the leading role in the development
of IMS. Compared to other monitoring techniques, seismic
monitoring data, characterized by the real-time transmission
of broadband/high-frequency continuouswaveforms, plays a
major role in the whole monitoring system. (3) Important
concepts in CTBT monitoring, including evasion scenarios
such as decoupling and mine-masking which are most
directly a challenge to seismic monitoring, were directly or
indirectly developed from seismic monitoring practice.

Entry seismic monitoring of nuclear explosions
describes in detail the basic properties of explosion and
earthquake signals and seismic technologies for the detec-
tion and identification of explosions. Themain tools for such
a monitoring purpose, local, regional, and global seismic
networks, are introduced in the entry seismological net-
works. Sections following focus on recent scientific and
technical advances in seismology and their relevance to
CTBT monitoring.
Evaluation and design of the seismic monitoring
system: a systems engineering perspective
Monitoring and verification require an international obser-
vational system composed of the following components:
observational stations, communication links from the sta-
tions to data center/s, and tools for the analysis of signals
recorded for verification purposes. The evaluation and
design of the seismic monitoring system from the perspec-
tive of systems engineering is one of the significant
advances in recent years. It is useful not only for the func-
tioning and sustainability of the CTBT monitoring system
but also for the operation of modern seismological net-
works, which not only record earthquakes but also have
missions such as the fast seismological information ser-
vice and the managing of huge amount of observational
data. In 2008, the Project “International Scientific Studies
of the Implementation of the CTBT Verification System”
(ISS) was organized by the Preparatory Commission of
CTBT Organization (CTBTO PrepComm., 2009b), in
which system performance evaluation provided useful
tools for the evaluation and design of the seismic monitor-
ing system.

Evaluation is to assess the readiness and capability of
the monitoring and verification system, while design is
to plan the road map to ensure the expected readiness
and capability. Design and evaluation of a seismological
monitoring system includes four perspectives: (1) physical
perspective, including primary seismic stations and arrays,
auxiliary stations, national data centers, international data
center, network maintenance centers, communication
links, system for the automatic data processing and review
of analyst, database, and data sharing devices; (2) func-
tional perspective, including data transmission, automatic
data processing, automatic seismic phase picking and
event location, interactive phase picking and location by
analysts, array processing for location, magnitude deter-
mination, determination of earthquake parameters such
as moment tensor and radiated energy, discrimination
tools, and tools for routine evaluation of the state-of-
health; (3) operational perspective, including the design,
implementation, management, and upgrading of the whole
system; and (4) scientific perspective, dealing with Earth
structure model, travel-time database, algorithm for loca-
tion and phase picking, attenuation model and site correc-
tion for magnitude determination, Green functions or
attenuation relations for source parameter determination,
azimuth correction database for array detection, and event
database for discrimination. It may be unnecessary for
a seismologist to directly use the concepts and tools of sys-
tems engineering. However, methodologies such as spec-
ification of the system and its components as well as the
relationships among the components, specification of the
functions of the system and decomposition of system
functional requirements into component functional
requirements, and development of measures of perfor-
mance at system level and component level, respectively,
provide a clear concept for the systematic evaluation and
design of the seismic monitoring system. This becomes
especially important when dealing with a modern seismo-
logical monitoring system with many stations, working
continuously in a real-time mode, being a technically
complex system.
Advances in seismology, potentially relevant to
CTBT monitoring
Recent decades have witnessed the fast development of
seismology (Seismological Grand Challenges Writing
Group, 2008). These advances have apparent relevance
to CTBT monitoring. Location of earthquake epicenters
using conventional methods has the uncertainty of up to
101–102 km. This uncertainty is significantly reduced by
the modern methods of earthquake location using wave-
form cross-correlation and relative location technique
(Richards et al., 2006). Recent investigation reveals
that “repeating earthquakes,” identified by waveform
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cross-correlation, seem to be much more common than
expected in seismic activity (e.g., Schaff and Richards,
2004), providing the evaluation of location accuracy with
an innovative and efficient tool (e.g., Jiang andWu, 2006).
By waveform comparison and relative location, it
becomes possible for seismologists to determine the accu-
rate location of new tests if data from previous nearby tests
is available (e.g., Wen and Long, 2010). As archives grow,
new seismic events that appear problematic often can best
be resolved by comparison of their signals with those of
previously recorded events from the same region.

In the evaluation of location accuracy, one of the key
concepts is the ground truth (GT) events (International
Seismological Centre, 2009), a database of reference
earthquakes and/or explosions for which the epicenter
information is known with high confidence (to 5 km or
better) with seismic signals recorded at regional and/or
teleseismic distances. GT events are used as “calibrating
information” to assess the location accuracy of the moni-
toring system. Furthermore, a GT database is useful to
facilitate better visualization of Earth structure, better
modeling of velocities of seismic waves, and more accu-
rate travel-time determinations, which are all essential to
the enhancement of monitoring capability. Using and
developing the GT event database is thus endorsed by
international seismological organizations such as the
International Association of Seismology and Physics of
the Earth’s Interior (IASPEI, 2009a).

Recent developments of seismology kept challenging
some of the conventional ideas well-accepted in the CTBT
monitoring practice. At present, there are several comple-
mentary methods for the identification of an explosion
from an earthquake, such as the difference between mb
and MS, and the ratio of high-frequency (>2 Hz) P to S
energy (Richards and Zavales, 1990; Bowers and Selby,
2009). One of the important measures is the minimum size
of earthquakes and/or explosions for the discrimination,
called the magnitude threshold, below which the discrim-
ination tool fails to work. Conventionally, the magnitude
threshold for discrimination is regarded as different from,
often 0.5 magnitude unit larger than, the magnitude
threshold for detection (Hannon, 1985). However, new
results (CTBTO PrepComm., 2009b) showed that these
thresholds appear to be very similar if regional data, ade-
quate for measurement of spectral ratios, is available.
For purposes of estimating the location and yield of under-
ground explosions, it is always important to have accurate
information on the inhomogeneous structure of the Earth
within which seismic waves propagate. New approaches
to this problem using seismic noise (e.g., Shapiro et al.,
2005) provide an innovative tool for imaging the Earth
structure. Increase of seismic stations and development
of inversion techniques kept improving the Earth structure
model (Seismological Grand Challenges Writing Group,
2008). Accordingly, traditionally problematic earth-
quake parameters such as focal depth, and “modern”
earthquake parameters such as moment tensor and radi-
ated energy potentially can contribute more to CTBT
monitoring, along with improved 3D Earth models, and
accurate account of wave propagation in complex
3D media.

With the development of digital seismic waveform
analysis techniques, it has also become possible for seis-
mologists to capture the time-lapse behavior of Earth
mediumwith considerable accuracy (e.g., Grêt and Snieder,
2005). Combiningwith the recent advances in active source
technology, this development in turn has direct impact on
the OSI technology. Combination of seismic data with
remote sensing images shows potential in revealing more
details of the explosion source, such as decoupling (Sykes
et al., 1993). This combination, enabled by modern infor-
mation technology such as “Digital Earth” (Wu and Chen,
2000), or more practically Google Earth®, provides an
alternative approach that supplements the traditional con-
cepts of OSI and even verification.
“Forensic seismology”: evidences and judgments
Seismology is a branch of observational science based on
the analysis of signals from different sources, penetrating
through the Earth, and at last recorded by seismic net-
works. The field related to seismological observatory
practice (Bormann, 2002) and the operation of seismic
networks is sometimes called seismological observation
and interpretation (IASPEI, 2009b). When seismology
is applied to the monitoring of CTBT, more considerations
are needed beyond the recording and analysis of seismic
signals. Key concepts related to the practical functioning
of the seismic monitoring system are monitoring and ver-
ification. The termmonitoring refers to technical activities
and analyses associated with data from observational sys-
tems that acquire signals from different sources, either
explosions or earthquakes, in a continuous and, in some
cases, real-time regime. The term verification refers to
evaluations that include non-seismologists, to enable
authorities and the public to judge whether some detected
phenomena had its origin in a nuclear explosion. To this
end, verification is regarded as a branch of forensic seis-
mology (Bowers and Selby, 2009), in which the word
“forensic”means answering questions of interest to (inter-
national) legal system/s.

In concept, monitoring is different from verification in
thatmonitoring basically provides objective observational
evidences, while verification has to have some subjective
decision-making processes based on the objective (but in
some cases limited) evidences provided by monitoring.
An example is the announced test of DPRK in 2009. It
was declared by DPRK authorities that the nuclear test
was successfully conducted, but there were no direct evi-
dences (radionuclide) to prove that the explosion,
recorded clearly by seismic networks, was really
a successful nuclear test. Another example is the 1998,
Indian-Pakistan announced tests – even if seismic moni-
toring data could not provide persuasive evidences that
all the tests were conducted as successfully as announced.
In most cases, however, the monitoring system serves for
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the clarification of special events, such as the earthquake
near Lop Nor of China on March 13, 2003 (Bowers and
Selby, 2009). In fact, an important task of the seismic
monitoring system is to screen events of interest, to iden-
tify events that are definitely not nuclear tests. Note that
in the context of forensic science, to verify that a nuclear
test has been conducted somewhere and to verify that no
nuclear test has been conducted in a certain place for
a specific time duration, even when using the same moni-
toring system, need different sets of evidence from that
system.
Concluding remarks: interaction between science
and CTBT monitoring
The concept of seismic monitoring of nuclear tests can be
traced back to the earliest underground nuclear explosions
(Bolt, 1976; Richards and Kim, 2009). In September
1957, during the General Assembly of the International
Union of Geodesy and Geophysics (IUGG), Toronto,
K. E. Bullen gave the address “Seismology in our Atomic
Age.” Needs of nuclear test monitoring played an impor-
tant role in the development of global seismic networks
in the 1960s (Richards, 2002). In the meantime, researches
have been carried out extensively for the detection and
identification of nuclear tests (Husebye and Mykkeltveit,
1981; Richards, 2002), in which one of the remarkable
techniques is seismic array for the detection of explosion
signals smaller than those monitored by conventional
stations (Douglas, 2002).

In recent years, the international CTBTmonitoring sys-
tem has been in operation as a “big science device” that is
similar in scale to accelerators in high-energy physics and
satellites in space science. It provides not only experiences
and lessons in the practice of monitoring, but also unique
datasets which are interesting in basic research and the sci-
ence and technology for sustainability. Advances in sci-
ence and technology also promote the implementation
and development of CTBT monitoring practice, and
assessments of the overall capability. In the above sec-
tions, these relevant advances are introduced via three
components: engineering, science, and decision making.
It is worth mentioning that, as indicated by a series of
important events, especially the Conference “CTBT: Syn-
ergies with Science, 1996–2006 and Beyond” (CTBTO
PrepComm., 2006) and the ISS Project (CTBTO
PrepComm., 2009b), a new era of cooperation between
CTBT monitoring communities and scientific research
communities has started, which will in turn contribute
both to the CTBT monitoring practice and to the develop-
ment of geophysical science. In the ISS Project, science
and technology foresight, a professional practice that
emerged in recent years, aiming at identifying today’s
research and innovation priorities on the basis of scenarios
of future developments in science and technology, society
and economy, was introduced to the scientific assessment
of CTBT monitoring, which indicates that the interaction
between science and CTBT monitoring has started to be
systematic and comprehensive through a professionally
planned road map.
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Definition
Rotational seismology is an emerging study of all aspects
of rotational motions induced by earthquakes, explosions,
and ambient vibrations. The subject is of interest to several
disciplines, including seismology, earthquake engineer-
ing, geodesy, and earth-based detection of Einstein’s grav-
itation waves.

Introduction
Rotational effects of earthquake waves together with rota-
tions caused by soil-structure interaction have been
a

Seismology, Rotational, Figure 1 (a) Rotation of the monument t
by Oldham (1899) after the 1897 Great Shillong earthquake. (b) Co
for body-fixed or instantaneous rotational rate.
observed for centuries (e.g., rotated chimneys, monu-
ments, and tombstones relative to their supports).
A summary of historical examples of observations on
earthquake rotational effects is provided by Kozák
(2009), including reproduction of the relevant sections
from Mallet (1862) and Reid (1910). Figure 1a shows
the rotation of the monument to George Inglis (erected in
1850 at Chatak, India) as observed by Oldham (1899)
after the 1897 Great Shillong earthquake. This monument
had the form of an obelisk rising over 60 ft. high from
a base 12 ft. on each side. During the earthquake, the top-
most six-foot section was broken off and fell to the south
and the next nine-foot section was thrown to the east.
The remnant is about 20 ft. in height and is rotated about
15� relative to the base.

A few early authors proposed rotational waves or at
least some “vortical” motions. Many different terms were
used for the rotational motion components at this early
stage of the field’s development. For example, “rocking”
is rotation around a horizontal axis, sometimes also
referred to as “tilt.” Mallet (1862) proposed that rotations
of a body on the Earth’s surface are due to a sequence of
different seismic phases emerging at different angles. Reid
(1910) studied this phenomenon, which was observed in
the 1906 San Francisco earthquake, and pointed out that
the observed rotations are too large to be produced by
waves of elastic distortion. Such waves “produce very
small rotations, whose maximum amount, . . . is given by
the expression 2pA = l, where A is the amplitude and l
the wavelength; with a wave as short as 10,000 feet
(3 km) and an amplitude as large as 0.2 of a foot (6 cm),
the maximum rotation would only be about 0.25 of
Translational Velocityb
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o George Inglis (erected in 1850 at Chatak, India) as observed
ordinate system for translational velocity. (c) Coordinate system
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a minute of arc [0.0042 degrees, or 7.3 micro-radians
(mrad)], a quantity far too small to be noticeable” (Reid,
1910, p. 44). A modern analysis of such rotational effects
is presented in Todorovska and Trifunac (1990).

Observational seismology is based mainly on measur-
ing translational motions because of a widespread belief
that rotational motions are insignificant. For example,
Richter (1958, footnote on p. 213) states that “Theory
indicates, and observation confirms, that such rotations
are negligible.” Richter provided no references, and there
were no instruments at that time sensitive enough to either
confirm or refute this claim. Recent advances in rotational
seismology become possible because sensitive rotational
sensors have been developed in aeronautical and astro-
nomical instrumentation. In this article we provide some
background information and selected highlights of recent
advances in rotational seismology. An extensive list of ref-
erences to original papers is given because few “synthesis”
articles exist.
Early attempts in studying rotational motions
Ferrari (2006) summarized two models of an electrical
seismograph with sliding smoked paper, developed by
P. Filippo Cecchi in 1876 to record three-component
translation motions and also the torsion movements from
earthquakes. Although these instruments operated for sev-
eral years, no rotational motion could be recorded because
of low transducer sensitivity. Pioneers in several countries
attempted to measure rotational motions induced by earth-
quakes. Nearly a century ago, Galitzin (1912) suggested
using two identical pendulums installed on different sides
of the same axis of rotation for separate measurement of
rotational and translational motion. This was later
implemented, for example, by Kharin and Simonov
(1969) in an instrument designed to record strong ground
motion. Using an azimuthal array of seismographs, Droste
and Teisseyre (1976) derived rotational seismograms for
rock bursts in a nearby mine. Inspired by Walter Munk,
Farrell (1969) constructed a gyroscopic seismometer,
and obtained a static displacement of <1 cm and a tilt of
<0.5 mrad at La Jolla, California, during the Borrego
Mountain earthquake of April 9, 1968 (magnitude 6.5),
at an epicentral distance of 115 km.

Early efforts also included studies of explosions. For
example, Graizer (1991) recorded tilts and translational
motions in the near field of two nuclear explosions using
seismological observatory sensors to measure point rota-
tions directly. Nigbor (1994) measured rotational and
translational point ground motions directly with
a commercial rotational MEMS sensor and found signifi-
cant near-field rotational motions (660 mrad at 1 km dis-
tance) from a one-kiloton explosion.

Rotations and strains of the ground and of response of
structures have been deduced indirectly from accelerome-
ter arrays using methods valid for seismic waves having
wavelengths that are long compared to the distances
between sensors (e.g., Trifunac, 1979, 1982; Oliveira
and Bolt, 1989; Spudich et al., 1995; Bodin et al., 1997;
Huang, 2003, Suryanto et al., 2006; Wassermann et al.,
2009). The rotational components of ground motion have
also been estimated theoretically, using kinematic source
models (Bouchon and Aki, 1982; Wang et al., 2009) and
linear elastodynamic theory of wave propagation in elastic
solids (Lee and Trifunac, 1985, 1987).
Measuring rotational motions
The general motion of the particles or a small volume in
a solid body can be divided into three parts: translation
(along the X-, Y-, and Z-axes), rotation (about the X- Y-,
and Z-axes), and strain (six components). Figure 1b shows
the axes in a Cartesian coordinate system for translational
velocity measured by the usual seismometers in seismol-
ogy, and Figure 1c shows the corresponding axes of rota-
tion rate measured by rotational sensors (Evans, 2009).
These are “body attached” coordinates, those that
a seismic instrument would measure at a given instant as
the sensors move and rotate through space. Converting
an extended record of these body-fixed motions to recover
motions in an Earth-fixed, quasi-inertial coordinate sys-
tem has been performed for decades in “strapped down”
inertial navigation systems such as those attached to
a moving airplane. Lin et al. (2010) introduce these equa-
tions into seismology and earthquake engineering for
recovering inertial-frame ground and structure motions.

Rotational ground motions can be measured directly by
gyroscopic sensors or inferred indirectly from an array of
translational sensors. According to Cochard et al. (2006),
in a linear elastic medium the displacement u of a point
x is related to a neighboring point x + dx by

u xþ dxð Þ ¼ u xð Þ þ « dxþ o� dx (1)

where « is the strain tensor and

o ¼ 1=2H� u xð Þ (2)

is a pseudo-vector representing the infinitesimal angle of
rigid rotation generated by the disturbance. The three com-
ponents of rotation about the X-axis, Y-axis, and Z-axis
are given by the following equations for such infinitesimal
motions:

ox ¼ 1=2 @uz=@y� @uy=@z
� �

;

o ¼ 1=2 @u =@z� @u =@xð Þ;
y x z

o ¼ 1= @u =@x� @u =@y
� �

(3)
z 2 y x

Therefore, rigid rotations can be observed by: (1) an

array of translational seismometers indirectly for “cord”
rotations associated with long wave lengths by assuming
that contamination of translational signals by rotational
motions is small, and that the linear elasticity theory is
valid (e.g., Spudich and Fletcher, 2008), or (2) rotational
sensors directly for “point” body-fixed rotations (e.g.,
Lee et al., 2009b; Lin et al., 2010).
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In the past decade, rotational motions from small local
earthquakes to large teleseisms were successfully
recorded by sensitive rotational sensors in several coun-
tries (e.g., Takeo, 1998; McLeod et al., 1998; Igel et al.,
2005, 2007; Suryanto et al., 2006; Cochard et al., 2006).
In particular, the application of Sagnac interferometry in
large ring laser gyros provided greatly improved sensitiv-
ity to rotations at teleseismic distances and showed that
they are a good match to those estimated from linear elas-
tic wave theory. Such motions provide additional observa-
tions that – combined with translations – lead to new
approaches to the seismic inverse problem (Bernauer
et al., 2009; Fichtner and Igel, 2009). Recently Kurrle
et al. (2010b) reported the first observations of Earth’s free
oscillations using ring laser recordings, and opened up
potential applications of rotational seismology at long
periods.

In contrast, strong-motion observations near the source
in both Japan and Taiwan showed that the amplitudes of
these rotations can be one to two orders of magnitude
greater than that expected from linear elasticity theory
(e.g., Takeo, 1998; Lee et al., 2009b). Theoretical work
suggests that in shallow granular or cracked continua
(e.g., weathered rock at or near Earth’s surface),
asymmetries of the stress and strain fields can create rota-
tions separate from and larger than those predicted by clas-
sical elastodynamic theory (e.g., Teisseyre et al., 2006,
2008). Unlike the traditional fault-slip model, Knopoff
and Chen (2009) consider the case for faulting that takes
place on a fault of finite thickness. They show that there
is an additional single-couple term in the body-force
equivalence and additional terms in the far-field displace-
ment. They also show that the single-couple equivalent
does not violate the principles of Newtonian mechanics
because the torque imbalance in the single-couple is
counterbalanced by rotations within the fault zone, with
torque waves being radiated.
Large ring laser gyros
An unexpected advance in studying rotational ground
motions came from a different field of geophysics. Recent
developments of highly sensitive ring laser gyroscopes to
monitor the Earth’s rotation also yield valuable data on
rotational motions from large teleseismic events. The most
important property that makes such rotation sensors useful
for seismology is its very low noise floor and high sensi-
tivity to rotational motions and its insensitivity to transla-
tional and cross-rotational motions. The rotation rates
expected and observed in seismology range from the order
of 10�1 rad/s (e.g., Nigbor, 1994; Trifunac, 2009) near
seismic sources down to order 10�11 rad/s for large earth-
quakes at teleseismic distances (e.g., Igel et al., 2005,
2007). This range spans at least 10 orders of magnitude,
200 dB, much as for translational motions, and it is
unlikely that one instrument or one instrumental technol-
ogy will be capable of providing accurate measurements
over such a large range of amplitudes. Ring laser
technology is currently the most promising approach to
recording the small rotational motions induced by
teleseisms, but the primary drawback is its very high cost.

Ring lasers detect the Sagnac beat frequency of two
counter-propagating laser beams (Stedman, 1997; and
Figure 2c). These active interferometers generally form
triangular or square closed loops several meters across
and are evacuated. If this instrument is rotating on
a platform with respect to inertial space, the effective cav-
ity length between co-rotating and counter-rotating laser
cavity differs and one observes frequency splitting
resulting in a beat frequency. This beat frequency df is
directly proportional to the rotation rate O around the sur-
face normal n of the ring laser system, as given by the
Sagnac equation:

df ¼ 4A
lP

n 	 O ; (4)

where P is the perimeter of the instrument, A its area, and l
the laser wavelength. This equation has three contribu-
tions that influence the beat frequency df: (1) variations
in the scale factor (4A/lP) have to be avoided by making
the instrument mechanically as rigid and stable as possi-
ble, (2) changes in orientation n (tilting relative to Earth’s
rotation axis) enter the beat frequency via the inner prod-
uct, and (3) variations in O (e.g., changes in Earth’s rota-
tion rate and seismically induced rotations). Thankfully,
the dominant contribution to df isO. Note that translations
do not contribute to the Sagnac frequency unless they
affect P or A in some indirect manner.

Ring lasers are sensitive to rotations only, assuming sta-
ble ring geometry and lasing. However, for co-seismic
observations at the Earth’s surface the horizontal compo-
nents of rotation (i.e., tilts) will contribute to the vertical
component of rotation rate. As shown by Pham et al.
(2009), the tilt-coupling effect is several orders of magni-
tude below the level of the earthquake-induced rotational
signal unless one is very close to the source (where
sensitive ring lasers would not be the appropriate
technology).

At present, there are ring laser gyros capable of
measuring rotation (induced by small local earthquakes
or distant large teleseisms) at four sites: (1) Cashmere cav-
ern, Christchurch, New Zealand (McLeod et al., 1998);
(2) Wettzell, Germany (Schreiber et al., 2005); (3) Con-
way, Arkansas (Dunn et al., 2009); and (4) Piñon Flat, Cal-
ifornia (Schreiber et al., 2009a).

G Ring laser and recording teleseisms
Since 2001, the “G Ring” laser (capable of measuring
rotation rate of about 10�10 rad/s) has been operating
at the primary geodetic station (Fundamentalstation) at
Wettzell, in Bavaria, (http://www.fs.wettzell.de/). A
cross-sectional view of the site of the G Ring laser is
shown in Figure 2a. The instrument is resting on a polished
granite table (Figure 2b) embedded in a 90-t concrete
monument. As shown in Figure 2a, the monument is
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Seismology, Rotational, Figure 2 G Ring laser gyro at the Wettzell Superstation, Germany. (a) Cross-sectional view of the
instrument site. (b) Instrument resting on a granite table. (c) Schematic drawing. (d) Photo of G Ring laser gyro with its designer, Ulli
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attached to a massive 2.7-m diameter concrete pillar and
this is founded on crystalline bedrock 10 m below.
A system of concrete rings and isolation material shields
the monument and pillar from adjacent weathered rock
to eliminate its deformation and heat-flow contributions.
The G Ring laser is protected against external influences
by a subsurface installation with passive thermal stability
provided by a 2-m layer alternating between Styrofoam
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and wet clay, this beneath a 4-m soil mound. A lateral
entrance tunnel with five isolating doors and a separate
control room minimize thermal perturbations during
maintenance. After 2 years of thermal adaptation, the aver-
age temperature reached 12.2�C with seasonal variations
of less than 0.6�C. Figure 2c shows the schematic drawing
of instrument, and Figure 2d is a photo of the G Ring laser
with its designer, Ulli Schreiber.

Figure 3 is a comparison of direct point measurements
of ground rotations around a vertical axis (red lines) to
transverse accelerations (black lines, converted to rotation
rate for each time window) for the M8.1 Tokachi-oki
earthquake, September 25, 2003 (Igel et al., 2005).
Figure 3a is a schematic view of the great-circle-path
through the epicenter in Hokkaido, Japan, and the obser-
vatory inWettzell, Germany. 3b–e show the superposition
of the rotation rate derived from transverse translations
2
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September 25, 2003.
(black) and measured directly (red) for various time win-
dows: Figure 3b the complete signal, Figure 3c the latter
part of the surface wave train, Figure 3d the direct S-wave
arrival, and Figure 3e for the initial part of the surface
wave train. These results confirm the expectation from lin-
ear elasticity that the waveforms of transverse acceleration
and rotation rate (around the vertical axis) should be iden-
tical assuming plane harmonic waves. Information on sub-
surface structure is contained in the ratio between the
corresponding motion amplitudes.

Strong-motion inertial angular sensors
In aerospace, automotive, and mechanical engineering,
smaller rotational-motion sensors are common and gener-
ically known as gyroscopic or inertial angular sensors.
Nigbor (1994) used a MEMS-based Coriolis rotation-rate
sensor to measure the rotational components of strong
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ground motions close to a large chemical explosion. Sim-
ilar sensors were used by Takeo (1998) to measure rota-
tional motions from an earthquake swarm �3 km away.
However, such sensors do not have the sensitivity to
record rotations from small local earthquakes (magnitude
�4) at distances of tens of kilometers.

The eentec™ model R-1™ rotational seismometer is
the first modestly priced sensor capable of recording small
earthquakes at distances up to several tens of kilometers. It
uses electrochemical technology in which themotion of an
electrolytic fluid inside a torus is sensed electronically,
yielding a voltage signal proportional to rotational veloc-
ity. Nigbor et al. (2009) carried out extensive tests of com-
mercial rotational sensors and concluded that the R-1
sensor generally meets the specifications given by the
manufacturer but that clip level and frequency response
vary from those specifications and between individual
channels enough that more detailed calibrations are
warranted for each unit. A typical transfer function for
the R-1 can be found at the manufacturer’s website
(http://www.eentec.com/). The instrument response is
roughly “flat” from 0.1 to 20 Hz, and its self noise (rms)
is <10 mrad/s over the same frequency band.

The R-1 rotational seismometers successfully recorded
several hundred local earthquakes and two explosions in
Taiwan (Lee et al., 2009b). Figure 4a shows the instru-
ments deployed at station HGSD in eastern Taiwan (Liu
et al., 2009). The top frame is a schematic drawing of the
various seismic, geodetic, and strain instruments there.
The bottom frame shows the subset of the instruments
deployed in the shallow vault at the left hand side of the
upper drawing; these include a datalogger (Quanterra
Q330), an accelerometer (Kinemetrics Episensor), a six-
channel digital accelerograph (Kinemetrics K2 with an
external rotational seismometer, R-1 by eentec), and
a short-period seismometer (Mark Products L-4A). The
K2+R-1 instrument is at the left hand side, and the yel-
low-color box is the R-1 rotational seismometer.

The largest peak rotational rate recorded at the HGSD
station (to early 2008) is from a Mw 5.1 earthquake at
a hypocentral distance of 51 km at 13:40 UTC, 23
July 2007. Figure 4c shows the amplitudes and spectra of
translational accelerations recorded by the K2’s acceler-
ometer. The peak ground acceleration was 0.47 m/s2, and
the two horizontal components have much higher ampli-
tude than the vertical. Figure 4d shows the amplitudes
and spectra for rotational rates recorded from its external
R-1 seismometer. The peak rotational rate was 0.63 �
10�3 rad/s for the vertical component, much more
than that for the horizontal components. The spectra in
Figure 4c show that the dominant frequency band in
ground acceleration is about 2–5 Hz (horizontal compo-
nents) while those in Figure 4d show that the dominant
frequency band in ground rotation rate is about
2.5–5.5 Hz for the vertical component. Other studies
report observations with the R-1 sensor and compare their
point measurements of rotation to array-derived area rota-
tions (e.g., Wassermann et al., 2009).
Discussions
Many authors have emphasized the benefits of studying
rotational motions (e.g., Twiss et al., 1993; Spudich
et al., 1995; Takeo and Ito, 1997; Teisseyre et al., 2006;
Trifunac, 2006, 2009; Igel et al., 2007; and Fichtner and
Igel, 2009). We discuss some basic issues briefly.

Linear and nonlinear elasticity
Real materials of the Earth are heterogeneous, anisotropic,
and nonlinear, especially in the damage zone surrounding
faults and in poorly consolidated sediments, soil, and
weathered, fractured rock just beneath seismic instru-
ments, particularly typically installed strong-motion
instruments. In the presence of significant nonlinearity
we are forced to consider the mechanics of chaos
(Trifunac, 2009) and to interpret such complexities must
record both the rotational and translational components
of strong motion.

Seismology is primarily based on the linear elasticity
theory, which is applicable to simple homogeneous mate-
rials under infinitesimal strain. “Cord” rotation is defined
as the curl of the displacement field in Equation 2, and
in the classical elasticity theory, the rotational components
of motion are contained in the S waves. Meanwhile, con-
tinuum mechanics has advanced far beyond the classical
theory. In particular, the elasticity theory of the Cosserat
brothers (Cosserat and Cosserat, 1909) incorporates
(1) a local rotation of continuum particles as well as the
translational motion assumed in classical theory, and
(2) a couple stress (a torque per unit area) as well as the
force stress (force per unit area). In the constitutive equa-
tion of classical elasticity theory there are two independent
elastic constants while in Cosserat elastic theory there are
six or more elastic constants. Pujol (2009) provides
a tutorial on rotations in the theories of finite deformation
and micropolar (Cosserat) elasticity. Twiss (2009) derives
an objective asymmetric micropolar moment tensor from
a discrete-block model for a deforming granular material.
He also investigates seismogenic deformation associated
with volumes of distributed seismicity in three different
geographic areas, and finds support in the micropolar
model for the effects of a granular substructure on the
characteristics of seismic focal mechanisms.

Near-field seismology
Although the observed rotational motions agree well with
the classical elasticity theory for teleseisms, it is not the
case for local earthquakes. As first noted by Takeo
(1998) and confirmed by Lee et al. (2009b), observed rota-
tional rates from local earthquakes are much larger than
those predicted from the classical elasticity theory. For
example, Bouchon and Aki (1982) obtained theoretically
a maximum rotational rate of 1.5 � 10�3 rad/s for
a magnitude 6.5 earthquake, whereas a maximum rota-
tional rate of >1 � 10�3 rad/s for several magnitude
4.5–5.5 earthquakes had been observed in Japan and
Taiwan. Takeo (1998) reported the largest rotational rate
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was 2.6� 10�2 rad/s around the north-south axis from the
second largest earthquake (magnitude 5.2) during the
1997 swarm (at 14:09 UTC, 3 March), east of Cape
Kawana, offshore Ito, Japan (about 3 km away). As of
the end of 2009, the largest rotational rate recorded at the
HWLB station (Hualien, Taiwan) was 2.58 � 10�3 rad/s
around the east–west axis from a Mw 6.4 earthquake
offshore (at UTC 13:02, 19 December 2009) at
a hypocentral distance of about 49 km. The peak rotational
rate is 1.57 � 10�3 rad/s around the north-south axis, and
0.68 � 10�3 rad/s around the vertical axis. The
corresponding peak ground acceleration is 1.16, 1.85,
and 0.50 m/s2 for the east–west, north–south, and vertical
component, respectively.
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Figure 5 shows the vertical peak rotational rate versus
horizontal peak ground acceleration for the earthquake
data set from Takeo (2009) (top frame), and for the earth-
quake data set (22 August, 2008 to 25 December, 2009)
recorded at the HWLB station, Taiwan (bottom frame),
where N = number of data points. As noted by Takeo
(1998, 2009), there is a reasonable linear relationship in
such plots. The data scatter is larger in the Taiwan data
than the Takeo (2009) data. This may due to the fact that
the earthquake sources for the Takeo (2009) data were
from a nearby offshore swarm, whereas the Taiwan data
were recorded from many different earthquake sources.
Several authors noted similar linear relationships before
(see e.g., Spudich and Fletcher, 2008; Stupazzini et al.,
2009; Takeo, 2009; and Wang et al., 2009). In particular,
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Seismology, Rotational, Figure 5 Vertical peak rotational
rate (PRR) versus horizontal peak ground acceleration (PGA)
for the earthquake data set from Takeo (2009) (top frame), and
for the earthquake data set (22 August, 2008 to 25 December,
2009) recorded at the HWLB station, Taiwan (bottom frame).
N number of data points.
Takeo (2009) showed “a linear correlation between the
maximum rotational displacements around vertical axis
and the maximum [ground] velocities.” The two plots in
Figure 5 are equivalent to Takeo’s linear relationship, with-
out performing the integration for the measured rotational
rate and ground acceleration to obtain rotational displace-
ments and ground velocities. The linear slope in Figure 5
has the dimension unit of s/km, or unit for slowness.
Spudich and Fletcher (2008) interpreted this “slowness” as
the inverse of an “apparent velocity,” characterizing the
seismic wavefield beneath the recording station.

Spudich and Fletcher (2008) computed peak values of
ground strain, torsions, and tilts for the 2004 Parkfield
earthquake (Mw 6.0) and four aftershocks (Mw 4.7–5.1)
using the data recorded by an array of accelerators. Takeo
(2009) noted that his observations of peak rotation values
are about 100 times larger for earthquakes with similar
magnitudes and distances, and proposed the following
explanations: the different spatial scale of rotational
motion by a single-point gyro measurement and by an
array observation, the effect of topography, and the differ-
ence of the degree of maturation between the San Andreas
fault and the swarm volume of offshore Ito. Two arrays of
both rotational and translational sensors have been
deployed by Wu et al. (2009) in Taiwan to study this dis-
crepancy problem, and hopeful a resolution may be found
after recording sufficient numbers of earthquakes.

Using explosions to study rotational motions
Since a large earthquake occurring near a station is rare,
explosions have been used to study rotational motions by
several pioneers (e.g., Graizer, 1991; Nigbor, 1994). Lin
et al. (2009) deployed an array of 8 triaxial rotational sen-
sors, 13 triaxial accelerometers, and 12 six-channel, 24-bit
dataloggers with GPS time receivers to record two explo-
sions in northeastern Taiwan. These instruments were
installed at about 250 m (1 station), 500 m (11 stations),
and 600 m (1 station) from the explosions. The 11 stations
form a “Center Array” with station spacing of about 5 m.
The code name for the first shot with 3,000 kg explosives
is “N3P,” and that for the second shot with 750 kg explo-
sives is “N3.” Although the N3P shot used four times
larger amounts of explosives than that used for the N3
shot, the peak ground translational acceleration and rota-
tional velocity at the 13 station sites from the N3P shot
are only about 1.5 times larger than that for the N3 shot.
Large variations (by tens of %) of translational accelera-
tions and rotational velocities were observed at the very
small Center Array. The largest peak rotational rate was
observed for the horizontal transverse component: 2.74
� 10�3 and 1.75 � 10�3 rad/s at a distance of 254
m from the N3P and N3 shots, respectively.

The acceleration data from these two explosions were
used by Langston et al. (2009) to compute acceleration
spatial gradients, horizontal strains and horizontal rotation,
and to perform a gradiometric analysis of the strong ground
motion wave train. The analysis yields a complex,
frequency-dependent view of the nature of seismic wave
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propagation over short propagation distances that imply sig-
nificant lateral velocity changes in the near-surface crustal
structure. Areal strain and rotation about the vertical have
equal amplitudes and suggest significant wave scattering
within the confines of the river valley where the experiment
was performed and/or significant departure from an axisym-
metric explosion source. Gradiometry shows that the P wave
arrives at the array 35� off-azimuth clockwise from the
straight-line path and appears to have been refracted from
the northern side of the valley. Chi et al. (2011) successfully
recovered the first order features of vertical rotational rate
ground motions from the translational velocity waveforms
in the 0.5–20 Hz bandwidth using the software of Spudich
and Fletcher (2009), and strain as large as 10�4 was deduced.
To fulfill the uniform rotation assumption in the linear elastic-
ity theory, it is necessary to use a small-aperture array. How-
ever, inverting data from an array of small spatial dimension
requires accurate waveforms of high signal to noise ratio and
high sampling rates; since waveforms from adjacent stations
are very similar, small noises have strong influence on dis-
placement gradients due to the small station spacing. The
Lin et al. (2009) recordings were limited to 200 samples
per second, andmuch higher sampling rate will be necessary
to record explosions in the near field.

Processing collocated measurements of translations
and rotations
Processing collocated observations of rotation and transla-
tion is routinely performed in the inertial navigation units
of aircraft and other vehicles. A similar analysis is possible
for various combinations of strain components, rotations,
and translations. With the exception of velocity–strain
combinations (e.g., Gomberg and Agnew, 1996) this ter-
rain was largely unexplored until the work of Lin et al.
(2010), who have demonstrated an appropriate set of these
equations for earthquake engineering and seismology to
recover inertial-frame displacements and rotations. Fur-
ther, it is already apparent that rotational motions provide
useful additional analysis opportunities, simply put, that
more data at a site yield more results.

Phase Velocities and propagation directions. A simple
calculation for non-dispersive linear-elastic plane waves
with transverse polarization shows that the ratio of trans-
verse acceleration to vertical-axis rotation rate is propor-
tional to local phase velocity. This result implies that
information on subsurface velocity structure (otherwise
only accessible through seismic array measurements and
combined analyses) is contained in any single-point mea-
surement that includes rotational sensors. It has been
shown that such ratio-derived phase velocities agree with
velocities predicted by theory (Igel et al., 2005, Kurrle
et al., 2010a). In a recent theoretical study based on full
ray theory for Love waves (normal mode summation),
Ferreira and Igel (2009) demonstrated that the Love wave
dispersion relation also can be obtained by taking the spec-
tral ratio of transverse acceleration to vertical-axis rotation
rate. This result implies that seismic shear wave tomogra-
phy is possible without requiring sub-arrays to determine
local mean phase velocities. Information on the direction
of propagation also is contained in the azimuth-dependent
phase fit between rotations and translations; this fit is opti-
mal in the direction of propagation, from which back
azimuths can be estimated to within a few degrees (Igel
et al., 2007). Linking observational translations, strains,
and rotations together also is advocated by Langston
(2007) to yield a snapshot of the wavefield including wave
direction, slownesses, and radial/azimuthal amplitude gra-
dients independently at each such station.

Toward a new kind of tomography. The possibility of
deriving local dispersion relations from single-station
records leads to the question of what subsurface volume
one resolves and to what depth velocity perturbations can
be recovered. The method of choice to answer this type of
question is the adjoint method (Fichtner and Igel, 2009),
with which sensitivity kernels (first Fresnel zones) can be
calculated to indicate the volume in which the observable
(typically travel times) is sensitive to structural perturba-
tions. Fichtner and Igel (2009) introduced a new observable
quantity – apparent shear wave velocity – which is a time-
windowed ratio of the moduli of translational velocity and
rotation angle. It turns out that the sensitivity near the source
vanishes, leading to a new type of kernel that shows high
sensitivity only in the vicinity of the receiver and in
a somewhat smaller portion of that volume than the kernels
of translational motions alone. This result implies that
a tomographic inversion for near-receiver structures based
on rotations and translations is possible and further high-
lights the potential of rotation measurements. Synthetic
tomographic inversions are given in Bernauer et al. (2009).

Scattering properties of the crust: Partitioning of P and
S waves. The partitioning ofP and S energy and stabilizing
the ratio between the two is an important constraint on the
scattering properties of a medium. Igel et al. (2007) dis-
covered surprisingly great rotational energy in a time win-
dow prior to teleseismic S, containing the P-coda. Detailed
analysis of the signals and modeling of wave propagation
through three-dimensional random media demonstrate that
these signals can be explained with P–SH scattering in the
crust with scatterers of very roughly 5-km correlation length
and rms perturbation amplitude of 5% (better constrained).
This result further illustrates the efficacy of rotationmeasure-
ments in their own right, for example, as a filter for SH type
motion, as noted by Takeo and Ito (1997).

Similar processing steps will be possible for the hori-
zontal components of rotation and the corresponding com-
ponents of translation, both to reduce the effects of tilt on
the horizontal translational sensors and to extract new
information. It is conceivable that the combination of
these various components might lead to tight constraints
on near-receiver structure, results otherwise only available
from array measurements.

Conclusion
Seismology has been very successful in the far field
because large (magnitude >6) earthquakes occur every
week somewhere on Earth, and because classical elasticity
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theory works very well for interpreting the recorded trans-
lationalmotions at large distances. Because of this success
and limited instrumentation options, most funding for
earthquake monitoring historically has gone into global
and regional seismic networks using only translational
seismometers. However, to improve our understandings
of damaging earthquakes we must also deploy rotational
and translational instruments in the near field of active
faults where potentially damaging earthquakes (magni-
tude> 6.5) occur infrequently. For strong-motion seismol-
ogy and engineering, this is a risky business because
a damaging earthquake on any given fault may not take
place for hundreds of years. Recording ground motions
in the near field would require extensive seismic instru-
mentation along some well-chosen active faults and luck.

Ring laser observations at Wettzell, Germany, and at
Piñon Flat, California, demonstrated consistent measure-
ments of rotational ground motions in the far field. So
far this success can only be demonstrated with one compo-
nent of rotation. The high cost of present high-precision
ring laser gyros makes widespread deployment unlikely.
Less expensive and/or less sensitive alternatives are now
being pursued by five academic groups (Cowsik et al.,
2009; Dunn et al., 2009; Jedlička et al., 2009; Schreiber
et al., 2009b; and Takamori et al., 2009). As of the end
of 2009, only Taiwan has a modest program (Lee et al.,
2009b) to monitor both translational and rotational ground
motions from local and regional earthquakes at several
permanent seismic stations, as well as by two arrays in
a building and a nearby free-field site. These two arrays
are designed to “capture” a repeat of the 1906 Meishan
earthquake (magnitude 7.1) in the near field with both
translational and rotational instruments (Wu et al., 2009).

Based on the developments described in the BSSA Spe-
cial Issue on rotational seismology and engineering (Lee
et al., 2009a), observation, analysis, and interpretations
of both rotational and translational ground motions will
soon play a significant role in seismology and earthquake
engineering. An international working group on rotational
seismology (IWGoRS) was organized in 2006 to promote
investigations of rotational motions and their implications,
and for sharing experience, data, software, and results in
an open Web-based environment (Todorovska et al.,
2008). Anyone can join IWGoRS at http://www.rota-
tional-seismology.org, subscribe to the mailing list, and
contribute to the content (publications, data, links, etc.).
Rotational seismology is also of interest to physicists
using Earth-based observatories for detecting Einstein’s
gravitational waves (e.g., Lantz et al., 2009) because they
must correct for the underlying Earth motion.
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Synonyms
Birefringence; Double refraction

Definition
Observations of shear-wave splitting in the Earth lead to
a new understanding of fluid-rock deformation: a New
Geophysics, where earthquakes can be stress-forecast.
Shear-wave splitting: Seismic shear-waves propagating
through effectively anisotropic solids, such as aligned
crystals or aligned microcracks, split into two phases with
different velocities and approximately orthogonal
polarizations.
New Geophysics: A new understanding of fluid-rock
deformation in distributions of stress-aligned fluid-
saturated microcracks where microcracks in the crust are
so closely spaced that they verge on fracturing and hence
are critical-systems (also known as complex-systems).
Critical-systems impose fundamentally new properties
on conventional subcritical geophysics and hence are
a New Geophysics.
Earthquake stress-forecasting: Shear-wave splitting
above swarms of small earthquakes can be used as
stress-measuring stations to monitor stress-accumulation
and stress-relaxation (crack-coalescence) before earth-
quakes, and hence stress-forecast the time, magnitude,
and, in some cases, fault-break of impending large
earthquakes.

Introduction
Transversely polarized seismic shear-waves propagating
through in situ rocks with some form of elastic anisotropy,
such as aligned microcracks, split into two orthogonal
polarizations which propagate with different velocities,
and hence lead to shear-wave splitting. The polarizations
are strictly orthogonal for phase-velocity propagation,
and approximately orthogonal for group-velocity propa-
gation. Figure 1 is a schematic illustration of shear-wave
splitting in the parallel vertical stress-aligned microcracks
characteristic of most rocks in the Earth’s crust, once
below near-surface weathering and stress-release anoma-
lies. Originally referred to as birefringence or double
refraction, shear-wave splitting was known to exist from
the properties of anisotropic elastic solids (Love, 1927;
Nye, 1957).

Double refraction has been observed experimentally as
two orthogonally polarized shear-waves with different
velocities in a stressed rock sample (Nur and Simmons,
1969). The phenomenon of shear-wave splitting was first
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Shear-Wave Splitting: New Geophysics and Earthquake
Stress-Forecasting, Figure 1 Schematic illustration of
stress-aligned shear-wave splitting through parallel vertical
microcracks (after Crampin,1994). sV, sH, and sh are principal
axes of vertical stress, and maximum and minimum horizontal
stress, respectively.
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recognized (and named) in synthetic seismograms in an
anisotropic crystalline Earth model (Keith and Crampin,
1977) and in distributions of parallel vertical microcracks
(Crampin, 1978). Shear-wave splitting was first positively
identified in the field (above swarms of small earthquakes)
by Crampin et al. (1980) and in seismic reflection surveys
in hydrocarbon reservoirs by Alford (1986). An earlier
attempt by Gupta (1973) to demonstrate double refraction
in shear-waves some 100 km from small earthquakes
failed because of misunderstanding the behavior of
shear-wave splitting and the shear-wave window
(Crampin et al., 1981).

Although variation of velocity with direction is cer-
tainly characteristic of seismic propagation in anisotropic
media, shear-wave splitting (or the generalized three-
dimensional coupling of surface-wave motion), easily
identifiable in particle-motion diagrams (hodograms), is
highly diagnostic of some form of effective anisotropy.
One of the major difficulties is that observations of
shear-wave splitting are path-integration phenomena that
give no indication of where the anisotropy is located along
the ray path, nor its extent or strength. The only exception
is in sedimentary basins where the processing seismic sur-
veys in exploration seismology may locate the anisotropy
more accurately (for example, in Angerer et al., 2002).

Note that shear-wave splitting, as in Figure 1, seems
quite simple in concept which may tempt authors, such
as Gupta (1973), to make unfounded assumptions which
lead to incorrect and misleading conclusions. Shear-wave
splitting is comparatively straightforward, but requires
a jump in comprehension from previous isotropic
experience. Two early comprehensive reviews (Crampin,
1977, 1981) outlined seismic-wave propagation in aniso-
tropic and cracked elastic media. Crampin and Peacock
(2008) recently reviewed the current understanding of
shear-wave splitting and identified 17 commonly assumed
fallacies in understanding shear-wave splitting that can
lead to unjustified conclusions.

It is suggested that the behaviour of shear-wave split-
ting is now comparatively well-understood. The major
new advance is that observations of shear-wave splitting
indicate that the stress-aligned fluid-saturated microcracks
in almost all rocks are so closely spaced that they verge on
failure by fracturing (and earthquakes). Such verging on
failure indicates that the distributions of microcracks are
critical-systems. Critical systems are a New Physics
(Davies, 1989), hence a New Geophysics that imposes
a range of fundamentally new properties on the previous
subcritical geophysics. This is a major advance in under-
standing fluid-rock deformation that has applications to
many branches of solid-earth geophysics (Crampin and
Peacock, 2005, 2008; Crampin, 2006).

This entry will not discuss the theory of seismic anisot-
ropy and shear-wave splitting which is adequately
outlined in Crampin (1977, 1981), Helbig (1994), Maupin
and Park (2007), and elsewhere. Here, we merely outline
the behaviour of shear-wave splitting in the crust that
leads to the New Geophysics and stress-forecasting
earthquakes.

Terminology: references to terminology in the text will
be indicated by (qv).

APE: anisotropic poro-elasticity is a model for deforma-
tion/evolution of critical-systems of distributions of
stress-aligned fluid-saturated microcracks under chang-
ing conditions (Zatsepin and Crampin, 1997; Crampin
and Zatsepin, 1997).

Aspect-ratio: Crack thickness over crack diameter.
Band-1 directions: Band-1 ray-path directions are the

solid angle between 15� and 45� either side of the crack
planes in a distribution of vertical parallel microcracks
(Crampin, 1999). APE shows that the effect of increas-
ing (or decreasing) stress is to increase (or decrease) the
average time-delays in Band-1 directions.

Band-2 directions: Band-2 ray-path directions are in the
solid angle 15� to the crack planes (Crampin, 1999).
Band-2 directions are sensitive to crack density, but
APE shows that crack density does not vary consis-
tently for small changes of stress.

Complex-systems: see critical-systems.
Crack density: Dimensionless crack density, CD, is speci-

fied byCD =N a3 whereN is number of cracks of radius
a per unit cube.

Critical-systems: Critical-systems (also known as
complex-systems, Davies, 1989) are complex heteroge-
neous interactive systems which verge on fracture-
criticality and failure. Extremely common in a huge
range of different phenomena, critical-systems impose
fundamentally new properties on the previously
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subcritical physics and subcritical solid-earth geophys-
ics, and hence are a New Geophysics (Crampin, 2006).

Earthquake prediction: The prediction of time, magni-
tude, and location of earthquakes by conventional sub-
critical techniques, but not using shear-wave splitting
which implies critical techniques.

Earthquake stress-forecasting: Using shear-wave splitting
to monitor stress-accumulation and stress-relaxation in
the surrounding rock mass that allows the time and
magnitude of earthquakes to be stress-forecast, where
other precursory phenomena may indicate the fault-
break.

EDA: Extensive-Dilatancy Anisotropy is the name given
to the distributions of fluid-saturated microcracks per-
vading most rocks in the crust (Crampin et al., 1984).
EDA-cracks, in ostensibly unfractured rocks, are
observed to have crack densities between �0.015 and
�0.045: that is shear-wave velocity anisotropy of
�1.5 – �4.5% (Crampin, 1994). This comparatively
small percentage of velocity anisotropy has massive
implications for a huge range of phenomena and leads
to the New Geophysics.

Fracture-criticality: The value of crack density, �0.055,
at which stress-aligned microcracks are so closely
spaced they verge on fracturing, and hence are critical-
systems (qv) (Crampin, 1994, 1999; Crampin and
Zatsepin, 1997).

New Geophysics: Shear-wave splitting indicates that
microcracks in the crust are so closely spaced they
verge on fracture-criticality and fracturing, and hence
are critical-systems. Critical-systems are a New Physics
(Davies, 1989), hence a New Geophysics, that imposes
a range of fundamentally new properties on conven-
tional subcritical geophysics (Crampin, 2006). Most
of these properties have been observed in the field
(Crampin and Peacock, 2005, 2008).

PTL-anisotropy: Distributions of horizontal Periodic Thin
Layers lead to a form of anisotropy (hexagonal symme-
try, commonly known as transverse isotropy, with
a vertical axis of symmetry) that is common in sedimen-
tary basins, including many hydrocarbon reservoirs
(Wild and Crampin, 1991). Shear-wave velocity anisot-
ropy in PTL-anisotropy may exceed 30% and would be
likely to generate cusps in shear-wave velocity sheets.
Such cusps have been observed (and modeled) in
hydrocarbon reservoirs in the field (Slater et al., 1993).

Seismic anisotropy: Seismic anisotropy describes an elas-
tic solid; these properties vary with direction as in
aligned crystals or solids pervaded by aligned
microcracks.

Seismic isotropy: Isotropy describes an elastic solid which
has the same elastic properties in all directions.

Stress-forecasting earthquakes: see Shear-Wave Splitting:
New Geophysics and Earthquake Stress-Forecasting.

TIH- (or HTI-) anisotropy: Transverse isotropy with
a horizontal axis of cylindrical symmetry: the typical
symmetry of EDA-cracks. Note that although trans-
verse isotropy is specified by five elastic constants,
distributions of vertical parallel EDA-cracks are speci-
fied by only three: crack density, crack aspect-ratio,
and crack strike.

TIV- (or VTI-) anisotropy: Transverse isotropy with
a vertical axis of cylindrical symmetry: the typical sym-
metry of PTL-anisotropy. In TIV-anisotropy, propaga-
tion in the horizontal plane is isotropic with no
variation with azimuth.

Time-delay: The time-delay between the arrivals of the
two split shear-wave phases in seismic anisotropy.
Time-delays above earthquakes are frequently normal-
ized by path length to ms/km.

Transverse isotropy: Transverse isotropy (strictly hexago-
nal symmetry) is the anisotropic symmetry system with
five elastic constants, and is isotropic in directions per-
pendicular to an axis of cylindrical rotational symmetry.

90�-flips in shear-wave polarisations: Abrupt 90� changes
in shear-wave polarisations (90�-flips) have been
observed andmodeled along shear-wave ray paths pass-
ing near to point-singularities (see below) (Bush and
Crampin, 1991; Crampin, 1991). 90�-flips can also be
caused by critically high pore-fluid pressures locally
re-orienting stress-aligned fluid-saturated EDA-cracks,
both in fluid-injection in critically pressurized hydro-
carbon reservoirs (Angerer et al., 2002) and adjacent
to seismically-active (critically-pressurized) faults
(Crampin et al., 2002).
Fundamental features of shear-wave splitting
in the crust
Observations of shear-wave splitting at a horizontal free
surface typically display stress-aligned parallel
polarisations. Since only transverse isotropy with a hori-
zontal axis of symmetry (TIH-anisotropy) has such paral-
lelism, and only parallel vertical cracks have such
symmetry, the splitting is necessarily caused by stress-
aligned EDA-microcracks. Microcracks is conformed as
temporal changes in time-delays are observed, in fluid-
injections (Angerer et al., 2002) and before earthquakes
(Crampin and Peacock, 2008). Only microcracks have suf-
ficient compliance to allow such changes.

Observations of azimuthally varying stress-aligned
shear-wave splitting, in almost all igneous, metamorphic,
and sedimentary rocks in the crust, indicate a minimum
of �1.5% shear-wave velocity anisotropy and
a maximum in ostensibly unfractured rock of �4.5%
(Crampin, 1994, 1999; Crampin and Peacock, 2008).
Since crack density can be written as a dimensionless
quantity CD = N a3, where N is the number of cracks
of radius a per unit cube and if Poisson’s ratio is 0.25,
CD � 1/100 of the percentage of shear-wave velocity
anisotropy, observed shear-wave splitting can be imaged
as uniform distributions of parallel vertical dimensionless
cracks in Figure 2 (Crampin, 1994; Crampin and Peacock,
2008).

The evolution of an initially random distribution of
stress-aligned fluid-saturated microcracks under changing
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Shear-Wave Splitting: New Geophysics and Earthquake Stress-Forecasting, Figure 2 Schematic illustration of dimensionless
three-dimensional crack distributions in in situ rocks for a range of percentages shear-wave velocity anisotropy, where e is crack
density and a is normalized crack radius (after Crampin, 1994). Fracture-criticality is at �5.5% shear-wave velocity anisotropy
(Crampin and Zatsepin, 1997).
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conditions can be modeled by the equations of anisotropic
poro-elasticity, APE, (Crampin and Zatsepin, 1997).
Figure 3 gives a schematic illustration of APE-
deformation. The effect of increasing (or decreasing)
stress is to increase (or decrease) the average aspect-ratio
for cracks parallel to the increasing stress. APE-
deformation is almost without parameters and yet matches
a huge range of phenomena in exploration and earthquake
seismology (Crampin and Peacock, 2008), where the gen-
eral applicability is because microcracks are so closely
spaced that they are critical-systems and lead to the
New Geophysics. Note that APE-modeling, because of
the universality of critical-systems, is almost without
parameters, and yet is widely applicable.
Classes of anisotropic symmetry and shear-wave
splitting
Shear-wave splitting has characteristic patterns of polari-
zations and velocities in three-dimensional propagation
depending on the class of anisotropic symmetry (Nye,
1957; Crampin, 1977; Crampin and Kirkwood, 1981).
Elastic constants allow eight classes of anisotropic sym-
metry (including isotropic symmetry which describes
a material with two elastic constants, usually written l
and m, and has identical elastic properties in all directions
of propagation). It is the characteristic 3D patterns of
planes of mirror symmetry which define the classes of
anisotropic symmetry. Four types of anisotropic symmetry
are commonly found in the Earth (where the horizontal
plane is typically a plane of mirror symmetry):

1. Orthorhombic symmetry with nine independent elastic
constants has three mutually-orthogonal planes of mir-
ror symmetry. Crystalline olivine, a possible upper
mantle constituent has orthorhombic symmetry, where
shear-waves split in 3D patterns of polarizations. In
addition, simple combinations of EDA- and PTL-
anisotropy also have orthorhombic symmetry (Wild
and Crampin, 1991). The effects of combinations of
EDA- and PTL-anisotropies have been observed in
hydrocarbon reservoirs (Bush and Crampin, 1991).
2. Transverse isotropy with a vertical axis of cylindrical
symmetry commonly referred to as TIV-anisotropy. In
TIV, shear-waves split strictly into phases oscillating
in the vertical plane (SV waves) and phases oscillating
horizontally (SH waves). There is no azimuthal varia-
tion. TIV is the effective anisotropic symmetry of
finely divided horizontal layers found in many hydro-
carbon reservoirs. It is also the symmetry of small hor-
izontal platelets in shales. Thomsen (1986) derived
three highly important approximations (the Thomsen
parameters) for the behaviour of seismic waves in
TIV media which are directly analogous to parameters
measured in reflection surveys. Thomsen parameters
are widely used and highly effective in interpreting
exploration surveys. Thomsen parameters cannot be
used to describe azimuthally varying anisotropy,
except in isolated directions of sagittal symmetry.

3. Transverse isotropy with a horizontal axis of cylindri-
cal symmetry commonly referred to as TIH-anisotropy.
TIH is commonly observed above small earthquakes
where the faster split shear-wave is polarized parallel
to the direction of maximum horizontal stress. Only
TIH-anisotropy can produce such parallelism. Only
fluid-saturated microcracks are common to the huge
variety of geological materials where TIH is observed,
and since temporal changes before earthquakes are
observed in the field, only fluid-saturated microcracks
have sufficient compliance to display temporal changes
for small changes in parameters. Consequently, the
observed parallelism of fast polarizations directly con-
firms stress-aligned microcracks throughout almost all
rocks in the crust (Crampin and Peacock, 2008).

4. Monoclinic symmetry has 13 elastic constants and is
the symmetry of two (or more) sets of intersecting
non-orthogonal vertical parallel EDA-cracks. Shear-
wave splitting in such monoclinic symmetry has been
observed and modeled in the field (Liu et al., 1993a).
If two intersecting sets of vertical EDA-cracks are
orthogonal, the symmetry is orthorhombic. Liu et al.
(1993b) display the theoretical effects of intersecting
sets of parallel vertical EDA-cracks for a range of
parameters and a range of angles of intersection.
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Shear-Wave Splitting: New Geophysics and Earthquake Stress-Forecasting, Figure 3 Schematic illustration of anisotropic poro-
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Cusps
In strong shear-wave velocity anisotropy, the direction of
group-velocity (energy) propagation of the faster of the
two split shear-wave may deviate so strongly that they
overlap themselves and cause large amplitude cusps.
Cusps have been observed and modeled in hydrocarbon
reservoirs (Slater et al., 1993). However, the commonest
form of cusps that occur in all anisotropic symmetry sys-
tems are the cuspoidal lids, fins, and ridges associated with
point- and line-singularities in group-velocity shear-wave
surfaces (Crampin, 1991; Wild and Crampin, 1991).

Shear-wave window
Shear-waves with SVorientations incident on the free sur-
face of an isotropic medium are identical to the incoming
shear-wave (but double the amplitude) only within the
shear-wave window. Outside the window, S-wave energy
is lost to SV-to-P conversions so that SV waves are heavily
distorted and even the arrival of the direct S wave may
be unreadable. The edge of the shear-wave window
is outlined by the critical angle of incidence, ic = sin�1
(Vs/Vp), where Vp and Vs are the isotropic P-wave and S-
wave velocities, and ic is the critical angle for S-to-P conver-
sions (Evans, 1984; Booth andCrampin, 1985). The conical
solid angle of the shear-wavewindowmay be considered as
above small earthquakes or below surface recorders.

Other features of the shear-wave window:

1. The critical angle of incidence ic is �35� for a uniform
isotropic medium with a Poisson’s ratio of 0.25, where
Lamé parameters l = m.

2. Because of near-surface low-velocity layers, ray paths
tend to curve upwards as they approach the free sur-
face, so that the effective shear-wave window is often
out to straight-line source-to-receiver incidence of
45� or greater.

3. Topographic irregularitiesmay seriously distort the shear-
wave window and may cause S-to-P conversions (the
Local SP-waves) both inside and outside the theoretical
shear-wave window. Local SP-waves are frequently
observed in the field as large single-sided pulses on the
SV-component, and may be mistakenly interpreted as
anomalous shear-wave splitting (Crampin, 1990).
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4. The shear-wave window only refers to SV-propagation.
No energy is lost by SH waves at any angle of inci-
dence on a plane horizontal free surface. Consequently,
only the SV-component of any incident-split shear-
wave is affected by the shear-wave window.

5. In anisotropic propagation, the shear-wave window
may severely disturb shear-wave splitting.

These various anomalies mean that shear-wave splitting
recorded at a free surface needs to be interpreted with cau-
tion (Crampin and Peacock, 2008).
Shear-wave singularities
The three body waves in anisotropic solids trace out three
velocity surfaces for propagation in three-dimensional
propagation: a P wave; and two orthogonally-polarized
shear-wave surfaces. The phase-velocity shear-wave sur-
faces from a point of propagation necessarily touch and
are continuous in a variety of singularities in three-
dimensional patterns of direction characteristic of the
anisotropic symmetry class (Crampin and Yedlin, 1981;
Crampin and Kirkwood, 1981; Wild and Crampin,
1991). The only way for energy of a split shear-wave
arrival to pass from one shear-wave surface to the other
is along directions passing directly through a singularity.

Figure 4 shows the three types of singularity in phase-
velocity surfaces:
Line Singularity Kiss Singula

Pull-Apart Remnant of Li

Point Singularity

a b
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e

Shear-Wave Splitting: New Geophysics and Earthquake Stress-Fo
two shear-wave phase-velocity surfaces showing topography near:
singularity); (b) kiss-singularity; and (c) point-singularity (after Cramp
singularity, and (e) a pull-apart remnant of a line-singularity when th
Crampin, 1991).
1. Kiss-singularities where two shear-wave surfaces
touch tangentially (Figure 4a, 4b). Kiss-singularities
occur in directions of principal crystallographic axes
and are restricted to cubic, tetragonal anisotropic sym-
metry, and along the cylindrical symmetry direction of
transversely isotropic symmetry. Kiss-singularities can
also occur in orthorhombic and monoclinic anisotropic
symmetry when two shear-wave surfaces happen to
touch serendipitously.

2. Point-singularities (sometimes called conical points)
where the two shear-wave surfaces touch at the vertices
of convex and concave cones (Figure 4c). Shear-waves
in all classes of anisotropic symmetry possess point-
singularities except transverse isotropy (hexagonal
symmetry), which only has kiss- and line-singularities
(Figure 4a). Point-singularities are particularly numer-
ous in combinations of PTL- and EDA-anisotropy,
where thin layers are pervaded by vertical microcracks
(Wild and Crampin, 1991).

3. Line- or intersection-singularities occur only in
transverse isotropy where the two shear-wave phase-
velocity surfaces intersect each other in circular line-
(intersection-) singularities about the symmetry axis
(Figure 4a, 4d). In even marginally disturbed trans-
verse isotropy, there are dramatic changes. Since both
PTL- and EDA-anisotropy have transversely isotropy
symmetry with line-singularities, Wild and Crampin
Line Singularity

rity

ne Singularity

Point Singularity

Point Singularity

c

recasting, Figure 4 Schematic illustration of the intersection of
(a) line-singularity or intersection-singularity (with kiss-
in and Yedlin, 1981). (d) A segment of a representation of a line-
e transverse isotropy symmetry is disturbed (after Wild and
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(1991) show that the phase-velocity representations of
combinations of PTL and EDA have pull-apart rem-
nants of line-singularities. The intersections of the
inner and outer shear-wave surfaces separate, and
‘pinch’ together, in varying degrees of tightness,
between a string of point-singularities (Figure 4e).

Singularities in group-velocity surfaces have a variety
of behaviour:

1. Kiss-singularities have simple group-velocity repre-
sentation, the shear-wave surfaces again touch
tangentially.

2. Point-singularities in group-velocity surfaces: the faster
shear-wave surfaces transform into open almost circular
“holes”, whereas the slower surfaces transform into flat
cuspoidal “lids” which exactly fit into the open holes.
The effects of such point-singularities have been
observed and modeled in a hydrocarbon reservoir the
field (Bush and Crampin, 1991). Crampin (1991)
modeled synthetic seismograms for ray path directions
passing close to point-singularities. The effects can be
dramatic with possibly great amplification or attenuation
of amplitudes and abrupt 90� changes in shear-wave
polarisations (90�-flips) either side of point-singularities.

3. Line- or intersection-singularities. In undisturbed
transverse isotropy, the group-velocity representations
of line-singularities merely intersect with each
sheet showing no evidence of intersection, as in the
phase-velocity representation in Figure 4d. However,
group-velocity representations of pull-apart remnants
of line-singularities in disturbed transverse isotropy
typically display thin cuspoidal “fins”, “ridges”, and
“lids” of extraordinary complexity (and beauty) (Wild
and Crampin, 1991).

There are two conclusions. The effects of pull-apart
remnants of line-singularities are sensitive to very small
differences in direction of propagation or microcrack
geometry, say. The subtleties of shear-wave propagation
near the extensive pull-apart remnants of line-singularities
are likely to be the reason for many of the complications
frequently observed in field records of shear-waves in sed-
imentary basins. If correctly interpreted, such features can
provide crucial information particularly about the relative
proportions of PTL- and EDA-anisotropy (Bush and
Crampin, 1991).
Sources of shear-wave splitting
There are three common areas of investigation into shear-
wave splitting (and seismic anisotropy).

1. Shear-wave splitting in the upper mantle, which is typ-
ically assumed to be caused by strain-aligned crystals
such as olivine, and is used to demonstrate directions
of stress and flow in plate tectonics (reviewed by
Savage, 1999).

2. Shear-wave splitting in hydrocarbon reservoirs in seis-
mic exploration in industrial seismology, where
initially “anisotropy is a nuisance” (Helbig, 1994)
because many well-established processing procedures
assume isotropic propagation and are no longer valid
if the rocks are anisotropic. More recently, however,
azimuthally varying shear-wave splitting in TIH-
anisotropy is being actively used to determine fracture
orientations and improve fluid-flow for hydrocarbon
recovery (reviewed by Helbig and Thomsen, 2005).

3. Shear-wave splitting above small earthquakes initially
stimulated development of the theory (reviewed by
Crampin, 1981) and observation (Crampin et al.,
1980; Alford, 1986), and is now demonstrating the
New Geophysics of a crack-critical crust (Crampin,
2006), where time-delays directly monitor low-level
fluid-rock deformation at levels of deformation well-
below those at which fracturing takes place (Crampin
and Zatsepin, 1997).

Remarkably, there has been very little interaction
between these three areas of investigation. Each has devel-
oped largely independently where papers in one area sel-
dom cite other areas of research. Shear-wave splitting in
these three areas of investigation will be discussed
separately.

Shear-wave splitting in the upper mantle
Seismic anisotropy in the mantle was first recognized
from the incompatibility of Rayleigh and Love
surface-wave inversions (Anderson, 1961) and from the
velocity anisotropy of horizontally propagating Pn-waves
in oceanic basins (Hess, 1964; Raitt et al., 1969). Another
anisotropic surface-wave phenomenon directly analogous
to shear-wave splitting of body waves is the coupling of
surface-wave motion of Raleigh and Love modes into
Generalized modes varying in three-dimensions (Crampin
and King, 1977). Just as shear-wave splitting is highly
diagnostic of some form of seismic anisotropy, coupled
surface-wave motion is highly diagnostic of anisotropy
in the mantle. The pronounced coupling between Second
Mode Rayleigh and Second Mode Love waves across
Eurasia could be caused by as little as 4 km of 4% shear-
wave velocity anisotropy at the top of the upper mantle
(Crampin and King, 1977).

Shear-wave splitting of body waves in the mantle only
became observable with advances in digital instrumenta-
tion. The first reports of such shear-wave splitting were
by Ando et al. (1980) who reported time-delays of �1s
on 2s-period shear-waves propagating vertically. This
was attributed to 2–4% shear-wave velocity anisotropy
in propagation through a magma reservoir, 100–200 km
in depth beneath a volcanic area in Japan above the
subducting Pacific Plate.

Since that time, shear-wave splitting has been observed
extensively in the uppermost 200 km of the mantle and in
the D region (Silver and Chan, 1988, 1991), reviewed by
Savage (1999), and Long and Silver (2009) and others.
These observations are principally of shear-wave splitting
in SKS-phases, which are frequently large amplitude,
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where the P-S conversion on exiting from the core pro-
vides a known SV orientation at the start the final
shear-wave path to the surface. Frequencies are typically
0.5–0.25 Hz leading to 2–4% shear-wave velocity anisot-
ropy, similar to the crack-induced shear-wave velocity
anisotropy in the crust.

The cause of the shear-wave splitting in the mantle is
not wholly resolved. The most frequently cited cause is
referred as lattice-preferred orientation (LPO) of the crys-
tallographic axes of elastically anisotropic crystals, such
as olivine (Karato and Wu, 1993) or orthopyroxene
(Ben-Ismail et al., 2001). These crystals are assumed to
be aligned by convective flow where the presence of
water, induced by bending of subducting slabs (Faccenda
et al., 2009), say, could have major effects on crystal orien-
tations and shear-wave splitting (Karato and Jung, 1998;
Katayama et al., 2005).

However, the similarities in the degree of shear-wave
splitting and the polarization to splitting in the crust which
is certainly caused by EDA-cracks suggests the alternative
source of anisotropy of fluid-saturated stress-aligned
cracks. There is water in much of the upper mantle. Water
lowers the melting point of rock, and when crystalline
rock first begins to melt, it melts along grain boundaries.
Thus the anisotropy in the mantle could be caused by
aligned cracks of films of liquid melt (Crampin, 2003).
Shear-wave splitting in hydrocarbon reservoirs
The effective TIV-anisotropy of finely stratified rocks was
demonstrated by Postma (1955) and others, where double
refraction (shear-wave splitting) only has SV- and SH-
polarisations. Shear-wave splitting of TIV-anisotropy
was not much investigated at that time since the predomi-
nant single-component vertical seismometers only
recorded SV waves.

Azimuthally varying shear-wave splitting in hydrocar-
bon reservoirs burst onto the seismic exploration industry
in a series of some dozen papers in two sessions at the
1986 SEG symposium in Houston. Alford (1986) rotated
(“Alford rotations”) the polarisations of reflection surveys
recorded on two-component horizontal geophones from
two-component horizontal vibrators, and showed that
seismic shear-wave reflection sections displayed coherent
behavior only when both source and receivers were
rotated into the preferred (anisotropic) polarizations.
These papers stimulated great activity in exploring seis-
mics in order to obtain preferred directions of fluid-flow
by locating fracture orientations (reviewed by Helbig
and Thomsen, 2005). This interest in anisotropy still con-
tinues today but is frequently investigated by wide-angle
and other P-wave surveys because of the expense of
three-component shear-wave surveys including instru-
mentation as well as the tripling of the quantity of data
to be recorded and processed.

Note that azimuthally varying shear-wave splitting in
hydrocarbon reservoirs has been typically interpreted by
the hydrocarbon industry as being caused by aligned
fractures, where dimensions of the fractures are
unspecified but are expected to be large enough to lead
to improved hydrocarbon recovery. In contrast, Crampin
and Peacock (2008) suggest that the remarkable compli-
ance of shear-wave splitting to low-level deformation nec-
essarily means that the splitting is caused by stress-aligned
fluid-saturated microcracks. Since in many circumstances
microcracks are parallel to macro-fractures, the difference
in interpretation is often immaterial. However, the recent
demonstration, both in theory (Chapman, 2003) and
observations (Maultzsch et al., 2003), that anisotropy is
frequency-dependent and varies with the dimensions of
microcracks may change this interpretation.

Shear-wave splitting above small earthquakes
Shear-wave splitting was first positively identified in the
crust above a swarm of small earthquakes near the North
Anatolian Fault in Turkey in the Turkish Dilatancy Project
(TDP1) experiment, (Crampin et al., 1980). This experi-
ment was designed to search for the microcrack-induced
shear-wave splitting suggested by Crampin (1978). Simi-
lar observations have now been observed above earth-
quakes worldwide (reviewed by Crampin and Peacock,
2008). However observations above earthquakes need to
be recorded by three-component seismic networks within
the shear-wave window of the earthquakes. This is
a severe restriction as swarms of small earthquakes are
scarce and intermittent, and seldom observed by seismic
networks. Nevertheless, such swarms of small earth-
quakes have been used as ‘stress-measuring stations’ to
monitor the effects of stress changes before impending
earthquakes (Crampin and Peacock, 2008).

Iceland is an optimum location for studying shear-wave
splitting. It is an offset of the Mid-Atlantic Ridge where,
uniquely, (two) transform faults run onshore. These trans-
form faults have persistent swarm activity monitored by
a state-of-the-art seismic network (Stefánsson et al.,
1993) available over the Internet (Volti and Crampin,
2003).

The APE model of microcrack deformation (Crampin
and Zatsepin, 1997) shows that increases of stress increase
crack aspect-ratios (crack thicknesses), and increases of
aspect-ratio can be recognized by increases of average
time-delays in Band-1 directions of the shear-wave
window (Crampin, 1999), and have been used to stress-
forecast earthquakes (Crampin et al.,1999, 2008).

The new geophysics
The shear-wave velocity anisotropy observed in the crust
of the Earth indicates that the distributions of stress-
aligned fluid-saturated microcracks (EDA-cracks) are so
closely spaced they verge on fracturing and hence are
critical-systems (Figure 2). Such critical microcracks are
the most compliant elements of in situ rock, and indicate
profound differences from conventional subcritical solid-
earth geophysics. Critical systems are a New Physics
(Davies, 1989), hence a New Geophysics, which imposes
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a range of fundamentally new properties on conventional
subcritical physics (Crampin and Peacock, 2005;
Crampin, 2006). All complex heterogeneous interactive
systems are critical-systems, and they are extremely
common: the weather, clustering of traffic on roads, the
life-cycle of fruit flies, and a huge range of physical phe-
nomena from stellar radiation to quantum mechanics.
Since the Earth is an archetypal complex heterogeneous
interactive system, it is necessarily expected to be
a critical system.

The new geophysical properties include:

1. Monitorability – effects of criticality (on the geometry
of EDA-cracks) can be monitored within the interior of
the crust by shear-wave splitting (Crampin, 1994,
2006).

2. Calculability – the evolution of microcrack geometry
can be calculated by APE (Crampin and Zatsepin,
1997; Crampin, 1999; Angerer et al., 2002).

3. Predictability – if changing conditions are known, the
effects on crack geometry can be predicted (as in
Angerer et al., 2002).

4. Controllability – if the intended effects of some opera-
tion (fluid-injection, say) are desired (the opening of
specific fractures for fluid-flow, say), the effects can
be calculated by APE, and the effects can be controlled
by feedback by analyzing shear-wave splitting. Crack
aspect-ratios, as in Angerer et al. (2002) where the
effects of fluid-injections were calculated, could be
controlled by feedback.

5. Universality – the changes in critical-systems are per-
vasive over all available space where appropriate con-
ditions are maintained. The coincidence of
observations of 1.5–4.5% shear-wave velocity anisot-
ropy with similar stress-oriented polarizations in all
types of rock regardless of porosity, rock types, or geol-
ogy (Crampin, 1994; Crampin and Peacock, 2005,
2008) is an example of universality in the crack-critical
Earth, that is difficult to explain in a conventional sub-
critical Earth.

6. Sensitivity – extreme (butterfly wings) sensitivity to
initial conditions. A prime example of such sensitivity
is the SMSITES experiment in Iceland where distinc-
tive variations in P- and shear-wave travel-time varia-
tions were observed at 70 km from swarm activity
with an energy equivalent to a M = 3.5 earthquake at
70 km distance. AM = 3.5 earthquake is small, so these
effects are observed at hundreds of times the likely
source diameter in a conventional subcritical earth
and are a clear demonstration of critical-system sensi-
tivity (Crampin et al., 2003).

Stress-forecasting earthquakes
Shear-wave splitting and the New Geophysics lead to
a new understanding of tectonic deformation before
earthquakes. Initially, tectonic stress accumulates by inter-
actions at plate boundaries leading to deformation of
EDA-cracks which can be monitored by shear-wave
splitting. Such stress-accumulations are not initially associ-
atedwith any particular source-zone andmay be observable
at great distances from any potential source. As the stress-
field approaches, fracture-criticality weaknesses are identi-
fied and microcracks begin to coalesce onto the potential
slip-plane. There is stress-relaxation, and eventually the
impending earthquake occurs (Gao and Crampin, 2004).
Logarithms of the durations of increases (stress-
accumulation) and decreases (crack-coalescence) are each
separately proportional (self-similar) to impending earth-
quake magnitudes (Crampin et al., 2008), similar to the lin-
earity of the Gutenberg–Richter relationship. Consequently,
shear-waves above swarms of small earthquakes can be used
as “stress-measuring stations” to monitor such stress-accu-
mulation and stress-relaxation before impending
earthquakes.

Peacock et al. (1988) were the first to recognize such
changes in shear-wave time-delays (now identified with
stress-accumulation), using seismic station KNW as
a stress- measuring station, before aM = 6 earthquake near
the San Andreas Fault in California. A few other examples
were found worldwide (reviewed by Crampin and
Peacock, 2008), but the significant advances came when
persistent seismicity in Iceland become available for anal-
ysis online. Volti and Crampin (2003) displayed increases
of Band-1 time-delays before five earthquakes in Iceland
monitoring stress-accumulation. The time, magnitude, and
fault-plane of a fifth earthquake were successfully stress-
forecast 3 days before it occurred in a comparatively tight
time/magnitude window (Crampin et al., 1999, 2008).

Crack-coalescence (stress-relaxation), before the
impending earthquake occurs when the increasing stress-
accumulation abruptly begin to decrease, was first
recognized by Gao and Crampin (2004). Since then,
stress-accumulation has been recognized before 15 earth-
quakes worldwide, of which nine had sufficient seismicity
beneath stress-measuring stations to also display crack-
coalescence (Crampin and Peacock, 2008).

Unfortunately, swarms of small earthquakes are far too
scarce and irregular to be used as stress-measuring stations
for reliable routine stress-forecasting. Reliable stress-
forecasting requires three 1–1.5 km-deep borehole
Stress-Monitoring Sites (SMSs), where a Downhole-
Orbital Vibrator source (DOV) (Leary and Walter, 2005)
radiate shear-waves to borehole geophones in Band-1
directions. A prototype SMS in non-optimal source-to-
geophone geometry between existing boreholes in Iceland
recorded exceptional sensitivity to low-level seismicity
equivalent to a M = 3.5 earthquake at 70 km-distance
(Crampin et al., 2003) demonstrating that SMSs have suf-
ficient sensitivity to stress-forecast times and magnitudes
of M = 5 earthquakes up to 1,000 km from impending
source zones (Crampin and Gao, 2010).
Summary
Shear-wave splitting in the Earth reveals a fundamentally
new understanding of fluid-rock deformation, where
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APE-modeling shows that modifications to shear-wave
splitting directly monitor stress-induced modifications to
microcrack geometry. Since if the changing conditions
can be specified, the deformation can be calculated and
predicted by APE; this is a substantial advance, a New
Geophysics, on conventional subcritical solid-earth geo-
physics. Changes in microcrack geometry can be moni-
tored, calculated, predicted, and in some circumstances
potentially controlled. There is extreme sensitivity to ini-
tial conditions, and universality, so that effects are widely
and uniformly distributed.

The New Geophysics allows stress-accumulation and
stress-relaxation (crack-coalescence) before earthquakes
to be recognized and impending large earthquakes stress-
forecast. There are many important implications and
applications. In particular, any solid-earth application that
cannot accommodate compliant stress-aligned fluid-
saturated EDA-microcracks pervading most in situ rocks
is in error and may lead to serious misunderstandings.
New Geophysics leading to monitorability; calculability;
predictability; potential controllability; universality;
extreme sensitivity; and earthquake stress-forecasting, is
likely to be the most fundamental advance in solid-earth
geoscience for many decades.
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Single and Multichannel Seismics, Figure 2 Reflected energy
generated by each source point is recorded by multiple
detectors. Each detector images a different subsurface point.
Reflection at each subsurface point follows Snell’s law. Angles of
incidence and reflection (marked a) are equal; hence, distance
between the subsurface reflection points is half of the distance
between the detectors. Upper part of the Figure shows the
theoretical hyperbola of the reflection arrivals and the direct
arrival between source point and detectors.
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Definition
Seismics or Seismic survey. The method of imaging the
subsurface with reflected and refracted seismic waves,
which are generated by controlled sources and sensed by
seismic detectors.
Single-channel seismics. Seismic survey using one
detector (channel) for sensing returning seismic waves.
Multichannel seismics. Seismic survey using multiple
detectors (channels) at different locations for sensing
returning seismic waves generated by each source points.

Introduction
Reflection and refraction seismology has been applied for
imaging the subsurface since the 1920s (Karcher, 1987
and Keppner, 1991) and is still one of the most powerful
methods of exploration geophysics. Applied technology
has evolved considerably over the decades, but the princi-
ples have not changed. Imaging is performed by elastic
waves generated by controlled sources, such as explosive,
vibroseis, air gun, sparker, boomer, or similar sources.
Generated waves propagate through the subsurface layers
and part of them get reflected or refracted back from layer
boundaries. These returning waves are sensed on the sur-
face by seismic detectors, geophones on land, and hydro-
phones in water.

In case of single-channel seismic recording, elastic
waves generated by each shot are recorded by one single
detector or a group of detectors. On the other hand,
multichannel seismic recording utilizes multiple detectors
or groups of detectors located at different positions for
recording the wavefield generated by each shot.
Multichannel seismics provide several advantages over
single-channel seismics; however, simplicity of the
recording equipment and high resolution of the recorded
seismic profiles make single-channel seismics still
a powerful and cost-effective tool for shallow
investigations.

Single-channel seismics
Simplest possible configuration for a seismic reflection
survey is single-channel recording. Reflected energy from
each shot is sensed by only one receiver or one group of
receivers, normally positioned at a constant distance from
the source (see Figure 1).

The source–receiver pair is moved, and each shot gen-
erates one seismic trace for the profile. In case of single-
channel recording, each shot provides information from
one subsurface location only, therefore it is critical to have
a low cost and high repetition rate source. Shot generation
is more labor intensive on land; hence, single-channel
recording is hardly used for onshore surveys. Situation is
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more favorable for offshore surveys, as easy-to-operate
sources with high repeatability are available and make
single-channel recording an attractive alternative. This is
especially true, when relatively shallow “penetration” is
sufficient, but high resolution is needed.

Penetration, on the one hand, strongly depends on the
seismic source used; on the other hand, it is also deter-
mined by the physical properties of the subsurface strata.
Seismic resolution is a function of the frequency content
of the source used. It is important to note that penetration
and resolution are not independent parameters. Higher fre-
quency sources ensure maximum resolution, but as high
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Multichannel seismics
Several advantages are gained by recording the reflected
energy of each shot by multiple detectors, which is called
multichannel seismic recording (see sketch in Figure 2 and
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these advantages are multifold imaging of the same loca-
tion, called the common depth point (CDP) and the possi-
bility to estimate seismic velocity from the recorded data
itself. Multifold imaging enhances the signal/noise ratio
of the final seismic section through stacking. The best pos-
sible estimate of velocity field of the subsurface layers is
necessary for normal move out (NMO) correction and
“migration” before and after stacking. This information
is derived from the parameters of the hyperbola fitted on
the reflections in the CDP gathers, a process called “veloc-
ity analysis.”

Commonly used high-resolution single- and
multichannel seismic sources
The CHIRP systems use sweep signals for generating
pressure waves. Electromagnetic sweep signals are com-
monly used in commercial and military radar systems,
while acoustic sweeps are used in sonar systems for
marine applications, and for vibroseis on land. CHIRP
systems (e.g., Schock and LeBlanc, 1990; Gutowski
et al., 2002) became very popular in marine surveys, while
vibroseis is the most commonly used seismic source on
land. Marine CHIRP systems typically operate in the
400 Hz–25 kHz frequency range, providing decimeter
resolution of the sub-bottom layers down to a few meters
or maximum few tens of meters depth in unconsolidated
sediments. Advantage of the CHIRP systems is the high
repeatability and good S/N (signal-to-noise) ratio. Disad-
vantage is the loss of phase information of the signal due
to the cross-correlation during signal recording. CHIRP
sources are used mainly for single-channel seismic record-
ing; however, high-resolution 3D Chirp system has also
been developed and used for decimeter-scale object detec-
tion (Vardy et al., 2008; Plets et al., 2009).

Boomers are electromagnetically driven sources
consisting of a flat coil and a metal plate below the coil
(Edgerton and Hayward, 1964). Discharge of a high-
voltage capacitor bank through the coil generates
Eddy-current in the metal plate. The generated Eddy-
current violently repels the plate from the coil. Pulling
back the plate by strong springs or rubber bands creates
a cavitation in the water acting as a sound source. Energy
of the source depends on the capacitor bank, which is typ-
ically ranging between few 100 and 1,000 J, but several kJ
systems have also been used. Boomers generate highly
repeatable source signatures in the frequency range of
300Hz–20 kHzwith decimeter resolution and several tens
of meters penetration. Innovative system design, such as
the IKB-Seistec system utilizing a boomer source and
a hydrophone group shielded by a focusing cone (Simpkin
and Davis, 1993), can further improve S/N ratio of
boomer-based systems providing exceptional combina-
tion of resolution and penetration, as shown in Figure 4.
Boomers used to be typical single-channel seismic
sources; however, multichannel systems developed for
high-resolution 3D data acquisition are also built around
boomer sources (Müller et al., 2009).

In sparker sources, similar to the sparking plug of an
engine, discharge of a capacitor bank creates a spark
between the positive and negative electrodes of the
sparker. This spark vaporizes water between the electrodes
and generates a pressure impulse. Energy and shape of the
sparker wavelet are influenced by the physical design of
the sparker, but is mainly controlled by the capacitance
and the voltage of the high-voltage capacitor bank, com-
monly called “shot box.” Typical energy values per shot
range between few 100 J and several thousand or even tens
of thousands of Joules (Allen, 1972). Large energy sparkers
are rarely used nowadays as air gun sources mainly replaced
them. Small-energy sparkers are still in use for engineering
and research applications as they provide an alternative
source fitting between boomers and small air guns. Sparkers
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are cost-effective to run, but shape of the wavelet, directivity,
and repeatability are better controlled for other sources. Use
of the sparker is also limited by the conductivity of the water.
It is normally used in saltwater environment as in freshwater,
extra care has to be taken to increase the conductivity of the
fluid between the electrodes. This can be achieved, for exam-
ple, by wrapping the sparker in a plastic bag and adding salt
inside.

Air gun is a pneumatic seismic energy source generat-
ing pressure waves by the sudden release of high-pressure
(70–200 bar) air into the water (Giles, 1968). The gun is
charged with high-pressure air from a compressor or air
container and explosively releases the air from its
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Hungary. Middle image is an optical zoom of the area in the red re
boomer profile recorded along the same section of the river. Blue co
yellow, Pliocene-Pleistocene sediments. Note the order of magnitu
the two profiles.
chamber. The release of the high-pressure air produces
a shock wave followed by bubble forming and several
oscillations resulting from the expansion and collapse of
the air bubble. Good example of bubble energy from the
first oscillation is shown in Figure 3.

Energy and frequency content of the air gun are deter-
mined by the volume of the gun, the pressure of the air
and tow depth of the gun. High-resolution surveys require
the smallest volume guns, typically 5–20 in3 (1 in3 =
16.39 cm3); however, gun clusters of 1,000–10,000 in3

are also commonly used during surveys with deeper tar-
gets. High-frequency content of small air guns can exceed
1,000 Hz, and large volume guns or gun clusters may
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Single and Multichannel Seismics, Figure 9 Upper and lower images show the same detail of the seismic profile before and after
migration, respectively. Note the collapse of the diffraction hyperbolae around 18 ms TWT. Lateral resolution of the profile is
significantly improved by the migration process.
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Single and Multichannel Seismics, Figure 10 Top right image shows the original seismic profile recorded in lake Balaton, Hungary.
In the lake, approx. 4 m water and 4 m soft, unconsolidated mud can be found above the older Pliocene strata. This, together
with the dipping strata in the Pliocene, presents an ideal condition for multiple generation. Top sketchmarks with blue the interfaces
considered for multiple generation. These are: water surface, water bottom, mud bottom, and two dipping intra-Pliocene strata.
First, the free surface multiples (marked by pink) are calculated for each of these interfaces. This is followed by different peg-leg
multiples calculated and marked by brown, yellow, and green lines on the profile. It is very interesting to observe that very many of
the reflections recorded on the seismic profile are actually multiple energies generated by the above mentioned surfaces only.
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provide enough energy for several kilometer deep penetra-
tion. Air guns are highly repeatable sources with consider-
able literature on measuring and designing their wavelet
(Ziolkowski et al., 1982).

Bubble oscillation can be decreased or even completely
diminished by the timely injection of a second volume of
high-pressure air. Guns operating under this principle are
called Generated Injection Air Guns or simply GI guns.
GI guns have two chambers. The primary chamber (gener-
ator) produces the actual pressure impulse, while the sec-
ondary chamber (injector) is used to inject a second air
volume near the maximum expansion of the first bubble
in order to prevent its collapse.

Air gun and GI sources due to their higher energy and
deeper penetration are mainly used for multichannel
recording. A good comparison of single-channel boomer
profile and a multichannel air gun profile is shown in
Figure 5.
Processing considerations for high-resolution
single- and multichannel seismic profiles
Static correction is always a key issue for proper imaging
of the subsurface with seismic waves. This is especially
true for high-resolution surveys. Offshore seismic surveys
present a special static problem due to the wave motion.
This equally effects single- and multichannel surveys,
but the higher the resolution of the seismics, the more
severe the problem can be. Coherency of the reflections
in a decimeter resolution boomer survey can be severely
affected by surface waves. Heave motion detectors offer
a compensation via measuring the wave motions together
with the seismic profile; however, if no heave motion is
available for the survey, the necessary correction can be
calculated from the data. Example of this is shown in
Figure 6.

High repeatability of many of the sources (boomer, air
guns) offers good opportunity for wavelet determination
and application of deterministic deconvolution using the
calculated wavelet. This is illustrated in Figures 7 and 8
showing two seismic profiles before and after determinis-
tic wavelet deconvolution and the calculated wavelets and
deconvolution operators.

Migration is also a key processing step not only for the
multichannel, but also for the single-channel seismic pro-
files. In the later case, estimation of the migration velocity
is more complicated, as there is no a priori information
available from stacking velocity analysis. Velocity esti-
mates from other measurements or migration velocity
analysis can be used for migrating single-channel data.
An example of this is shown in Figure 9.

Multiples generated by the free water surface present
a significant problem for single-channel seismic profiles.
Several processing algorithms exist for multichannel seis-
mic data in order to suppress multiple energy, but almost
all of them fail in case of single-channel seismic profiles.
Figure 10 shows a single-channel profile recorded in lake
Balaton, Hungary with significant multiple energy.
Summary
Seismic surveys provide one of the most detailed image of
the subsurface from shallow (few tens of meters) to deep
(several kilometers or even tens of kilometers) intervals.
Although most of the recent seismic surveys utilize
multichannel recording, high-resolution single-channel
seismic surveys can also provide a cost-effective solution
for offshore surveys. Main advantage of single-channel
seismics is high-resolution imaging and relative simplicity
of the survey. Multichannel surveys, on the other hand,
can significantly improve the signal-to-noise ratio of the
seismic profile by applying multifold imaging and at
the same time also provide additional information, for
example, estimates of the velocity field.
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Definition
An earthquake is a sudden rupture of a fault embedded in
the crust or upper mantle, and radiates elastic waves
toward the earth’s surface to vibrate the ground. Ground
vibration includes wide spectrum of frequencies from tens
of hertz to hundredth of seconds or lower. The ground
vibration is recorded by a pendulum called
a seismograph. Since the pendulum has its own frequency
characteristics, components of longer periods becomes
less visible and are not recognizable in the longest period.

Some types of fault ruptures have predominant compo-
nent in long-period seismogram and such earthquakes are
called slow earthquakes. The earthquake that does not radiate
enough energy to be recorded on seismogram is called
a silent earthquake or slow slip event (SSE). In this defini-
tion, observed pre-seismic or post-seismic slip, or creep
eventsmay all be categorized in the silent earthquake or SSE.
Early studies on slow and silent earthquake
Earlier studies of slow earthquake were made by examin-
ing difference in magnitude determined by different fre-
quency ranges (e.g., Kanamori, 1972; Kanamori and
Stewart, 1979). Seismic magnitude of large earthquakes
estimated from shorter period wave such as body waves
are significantly smaller than that determined from longer
period seismic waves. Ultimately, magnitude determined
by seismic wave analysis is often much smaller than the
moment magnitude or that estimated by the geodetic data
inversion analysis that includes longest period (or perma-
nent displacement) data. These have been interpreted such
that the significant amount of moment release was
achieved by the component of fault rupture that is slow
enough not radiating much seismic wave. Kanamori and
Stewart (1979), for example, showed that a series of such
slow events were triggered after the June 6, 1960, Chilean
earthquake (Mw 9.5).

One of such difference could be manifested by a type of
earthquake called “tsunami earthquake.” The tsunami
earthquake is characterized by anomalously high tsunami
generation than that expected from body wave or surface
wave magnitude. This can be interpreted by source char-
acteristic such that the fault rupture was slow enough not
radiating shorter seismic wave but rapid enough to gener-
ate tsunami. The 1896 Sanriku, Japan, earthquake (Ms
7.2, Mw 8.0), 1992 Nicaragua earthquake (Ms 7.0, Mw
7.6) are examples (e.g., Kanamori and Kikuchi, 1993).

If the rupture is much slower and does not radiate any
seismic energy, then it is called a silent earthquake. Beroza
and Jordan (1990) tested if such very slow or silent earth-
quake could be detected using spectra of Earth’s free
oscillations. Another trial is the comparison of long-term
moment release rate at subduction zones. If all of strain
accumulated along plate boundaries is released by seismic
energy, then the released moment at the time of earthquake
should be equal to the accumulated moment. Kawasaki
et al. (2001) examined this hypothesis and found that the
total moment released by earthquakes along the plate
boundary is far smaller than the totally accumulated
moment in an interseismic stage. This means that there
are other unknown slow processes that release remaining
moment at the plate boundaries.

One of possible mechanisms of slow strain release
would be post-seismic transient displacement. Earlier dis-
covery of post-seismic crustal deformation was found due
to the 1946 Nankai, Japan, earthquake (Mw 8.1) (e.g.,
Okada and Nagata, 1953). The cause of such a post-
seismic crustal deformation was interpreted as a retarded
slip after the earthquake (Fitch and Scholz, 1971).
Kawasaki et al. (1995) asserted that a post-seismic slow
rupture was generated after the 1992 Sanriku, Japan,
earthquake (Ms 6.9), by examining the strain records
observed at the Esashi, Northern Japan, station. However,
the question if such post-seismic transients on the records
of strain sensors might stem from instrumental drifts after
a strong shake was not well resolved.

More direct and convincing finding of slow slip events
was brought in 1990s by the advent of the Global Position-
ing System (GPS). Geographical Survey Institute of Japan
(GSI) first deployed nationwide GPS network to monitor
crustal deformation of the Japanese Islands starting in
1992. The network was much densified in 1996 with more
than 600 permanent GPS sites together with near real-time
monitoring facility. The network is called GPS Earth
Observation Network System (GEONET). It has been fur-
ther augmented to more than 1,200 sites all over the Japa-
nese Islands. This nationwide array of continuous GPS
observation provided such a powerful tool to discover
slow slip events around the Japanese Islands, as described
in the following section.

Also, the USA deployed a large array of GPS together
with strain and tilt meters along the western coast of the
North American continent and is called Plate Boundary
Observatory (PBO), which also enabled discoveries of
slow slip events.

Rapid developments of GPS arrays all over the world,
in particular along the Pacific Rim areas, enabled us to
discover that silent earthquakes or slow slip events
(SSE) are occurring at various areas around the glove, in
particular, along the subducting plate interface. Compre-
hensive description on where do those slow events are tak-
ing place are found in Schwartz and Rokosky (2007) and
Schwartz (2009).
Long-term slow slip events
A variety of slow slip events, including post-seismic slip,
whose time durations are months to years have been dis-
covered along the subducting plate boundaries.



1.00.8

Mw = 7.59

Mw = 7.84

Mw = 7.68

0.6

Time (year)

0.40.20.0

0

1

2

3

4

5

S
ei

sm
ic

 m
om

en
t (

10
20

 N
 m

)

6

7

8

Slow Earthquake, Figure 1 Moment release rate due to the
1994 Sanriku-Haruka-oki, Japan, earthquake. Figure suggests
that the moment released in 1 year after the earthquake is
bigger than the co-seismic moment release (Heki et al., 1997).

133°132°

25

25

50

100 km

Contour interval : 25 mm

60
km

40
km

20
km

15
km

50
75

100
125

131°

33°

32°

31°

Contour interval : 25 mm/year
Contour interval : 500 mm

Slow Earthquake, Figure 2 Slip distributions on the subducting
plate interface shown by equi-depth contours, projected on the
earth’s surface: (Blue) The slip distribution due to the 1997 slow
event at the Bungo Channel, Japan (After Yagi and Kikuchi,
2003). (Red) the slip distribution due to the 1968 Hyuganada
earthquake, and (Green) area of steady slip. (Courtesy by Y. Yagi.)

SLOW EARTHQUAKE 1375
The first eminent case of large slow slip events found
using GPS network data would be the post-seismic slip
due to the 1994 Sanriku-haruka-oki earthquake (Heki
et al., 1997). Heki et al. (1997) analyzed the GEONET
data and found that the moment released by the post-
seismic slow slips is bigger than that released at the time
of earthquake (Figure 1). Then, Hirose et al. (1999) found
a slow slip event in the Bungo Channel, western part of
Japan, that occurred after the two 1996 Hyuganada earth-
quakes of Mw 6.6 on October 19 and Mw 6.7 on Decem-
ber 3 that occurred in the south of the region. This slip
continued about 1 year in 1997 and was assumed to be
due to a slip on the subducting Philippine Sea plate.
Their geodetic inversion suggested that the slip occurred
on about 60 km � 60 km surface with the maximum fault
slip of about 18 cm, which is equivalent to Mw 6.6 earth-
quake (Figure 2).

Other examples of slow events found in the Japanese
region include (1) east off the Boso Peninsula where slow
slip events have repeated in 1996 and in 2002 and they
were followed by earthquake swarms (Sagiya, 2004,
Ozawa et al., 2003) and (2) a post-seismic transient slip
after the 2003 Tokachi earthquake (Mw 8.0) (Miyazaki
et al., 2004).

Lowry et al. (2001) found a transient movement at
a continuous GPS site established at Cayaco, Guerero
region, Mexico in early 1998. The area has been consid-
ered as a seismic gap. The event lasted about several
months with 2 mm east, 26 mm south, and 16 mm up of
displacements. They suggested that the displacement is
consistent with a slip along the subduction interface that
propagated from east to west. The transient displacement
repeated in 2001–2002 for about 6 months. Kostoglodov
et al. (2003) and Yoshioka et al. (2004) further
investigated themechanism of the event. Another repeated
transient event in Mexico has been found in Oaxaca seg-
ment, hundreds of kilometers southeast of Guerrero seg-
ment, with more dense GPS array, and was studied by
Brudzinski et al. (2007) and Correa-Mora et al. (2008).

Other long-term slow events have been found in Costa
Rica (Protti et al., 2004), Alaska-Aleutian (Ohta et al.,
2006), and New Zealand (Douglas et al., 2005). SSEs
have also been found along the shallower part of the San
Andreas fault (e.g., Wesson, 1987; Gladwin et al., 1994;
Linde et al., 1996), and in Italy (Crescentini et al., 1999;
Amoruso et al., 2002). Readers are asked to refer to
Schwartz and Rokosky (2007) and Schwartz (2009) for
a detailed review.

Yagi et al. (2001), and Yagi and Kikuchi (2003) used
GPS data to examine areal distribution of co-seismic slip,
post-seismic slip, and slow slip events for two Hyudanada
earthquakes of 1996 (Mw 6.6 and Mw 6.7). They found
that these areas complementarily share the areas and pos-
tulated that this complementarity may come from different
constitutive parameters of slip at respective regions
(Figure 2). A similar complementary region of seismic slip
and aseismic slip is found also in the northeastern Japan
(Yagi et al., 2003). Correa-Mora et al. (2008) indicated
that the repeated transients at the Oaxaca segment
occurred at the lower extension of the locked part of the
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Slow Earthquake, Figure 4 Distribution of low-frequency tremor shown in dots (Obara, 2002).
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seismogenic zone. These lines of evidence may suggest
distinct physical rock properties along the different seg-
ments of the subducting plate interface.

The largest and the longest slow slip event, that has ever
been found, lasted for about 5 years. It was recorded along
the northern margin of the subducting Philippine Sea
plate, namely, Tokai district (Figure 3). The event started
in the middle of 2000 and continued until mid-2005. Both
Ozawa et al. (2002) and Miyazaki et al. (2006) employed
a state-space model to delineate temporal evolution of the
slow slip event (Segall and Matthews, 1997). The slip
amounted to be about several tens of centimeters, which
is equivalent to moment magnitude of about 7.2–7.3
earthquake. Figure 3 shows a sample time series of coordi-
nate change at a GEONET station that is located right
above the slowly slipping region.
Low-frequency tremor and short-term slow slip
Obara (2002) discovered so-called deep low-frequency
tremor using a nationwide seismic array in Japan, which
is named as HiNet (High Sensitivity Seismograph Net-
work) constituting of about 600 sites all over Japan. The
deep low-frequency tremor is about 1 h of tremor activity,
which is located nearly at the plate interface of 35–40 km
in depth (Figure 4). The tremor has 0.2–2 Hz in predomi-
nant frequency. And then, the tremor was found to be
accompanied by small silent slips of a few to several days
(Obara and Hirose, 2006; Hirose and Obara, 2006).
Similar nonvolcanic tremor accompanied by short-term
slow events were found also in the Northwestern Pacific
(Dragart et al., 2001; Rogers and Dragart, 2003; Miller
et al., 2002). Dragart et al. (2001) indicated that the SSE
rather regularly repeats with interval of about 14 months
and is associated with seismic swarm activities
(Figure 5). The estimated slip is about 3 cm. Such slow
events associated with swarm activities are called episodic
tremor and slip (ETS) (Rogers and Dragart, 2003).

Hirose and Obara (2005) found that mid-term (about
a month) and short-term (1 or 2 weeks) of slow slip events
are accompanied by low-frequency tremors. The short-
term silent slip was too small to be monitored by GPS
but can be observed on highly sensitive tiltmeters, which
are mostly embedded in HiNet boreholes. The estimated
amount of slip was only 1–2 cm. They also found repeated
similar short-term slow slip events associated with low-
frequency tremors at the Tokai region (Hirose and Obara,
2006; Figure 6). Observed slow events were modeled
by a slip at the depth of 25 km and the slip amounted
only 1.2 cm.

Several lines of evidence from seismological studies
suggest that the occurrence of low-frequency tremors
and slow slip events may somehow be related to the exis-
tence of fluid flow. Shelly et al. (2006) and Obara and
Hirose (2006) suggested that episodic tremors that include
low-frequency earthquakes are generated by a slow shear
slip on the plate interface. Fluids might play a key role
for the generation of such low-frequency earthquakes.
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Matsubara et al. (2009) and Kato et al. (2010) also indi-
cated that the high-pressure fluids released by dehydration
from the subducting oceanic crust generates those tremors
and slow slip events.

In addition to the low-frequency tremor that occurs at
a deeper extension of the seismogenic zone, low-
frequency earthquakes (LFE) of a characteristic period of
10–20 s have also been observed at very shallow areas
at the updip extension of the seismogenic zones along
the subducting plate. They are found along the Nankai
trough (e.g., Ishihara, 2003; Obara and Ito, 2005) and at
the junction between the Japan trench and the Kuril trench
(Asano et al., 2008). Considering that the LFEs along the
Nankai trough are occurring within the accretionary prism
and have higher dip angle compared with the subucting
plate interface, Ito and Obara (2006a) hypothesized that
they may occur in the spray faults (or out-of-sequence
thrusts) in the wedge.

Existence of fluid would have a key role for generating
such low-frequency events, for both deep and shallow
low-frequency earthquakes (e.g., Davis et al., 2006; Ito
and Obara, 2006b).
Pre-seismic slip
A number of possible pre-seismic slips have been
reported. Roeloffs (2006), among others, compared ten
distinct examples of reported pre-seismic deformation rate
changes before large earthquakes. For example, anoma-
lous crustal deformations were observed before the 1944
Tonankai and 1946 Nankai earthquakes in Japan. Linde
and Sacks (2002) showed that these deformations are con-
sistent with the assumed aseismic slip of about 2 m in the
down dip extension of the seismically slipped interface.
Kanamori and Cipar (1974) and Linde and Silver (1989)
postulated that a slow event had preceded the 1960 Chile
earthquake.

It might be pointed out that the mechanism of precur-
sory slow slip would be physically the same as slow slip
event. Only the difference would be that while the precur-
sory slip is an accelerating phase toward the rapid rupture,
slow slip event is the slip that is not grown to a rapid rup-
ture. Studies to clarify the mechanism that creates such
difference are yet to be conducted in the future.

Scaling relation
An important question raised is if the discovered slow
earthquakes or slow events are just the slow version of
“regular” or “normal” earthquakes. If this is the case, those
slow events may have the similar scaling relations as the
other regular earthquakes. Ide et al. (2007), however,
suggested that the slow earthquakes including silent earth-
quake, slow slip, etc., had different scaling relation and
spectral behavior compared with normal earthquakes
(Figure 7). They suggested that the characteristic duration
(T sec) and the released moment (M0 Nm) has linear
relationship:

M0 � T � 1012�13 (1)

While this relation for the regular earthquake is
M0 � T3 � 1015�16 (2)

Thus, the characteristics of moment rate spectrum are also

different between these events.

This finding may tell us that the slow events are not just
a slower extension of seismic slip but rather has
a physically different nature. They suggest that such dif-
ference would be interpreted by “a constant low-stress
drop model or a diffusional constant-slip model” (Ide
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et al., 2007). Though the idea is yet to be tested, this might
bring us a new insight for understanding the mechanism of
fault slip or “earthquake” itself.
Mechanism of slow earthquake
The mechanism of fault slip has been extensively studied
in the field of rock mechanics including theoretical treat-
ments. It is inevitable to clarify the constitutive relations
of fault ruptures to understand what mechanism controls
the occurrence of slow earthquake (or earthquake itself).
Numerous experimental and theoretical studies have been
conducted for this purpose in decades. Among various
proposed constitutive laws, the rate- and state-dependent
friction law has been widely accepted (Dieterich, 1979;
Ruina, 1983). The law is expressed by the following
equations:

m ¼ t
s

� �
¼ m� þ a ln

V
V � þ y
� �

(3)

dy V
� �

V
� �	 

dt
¼ �

L
yþ b ln

V � (4)

Where, m is friction coefficient, t is shear stress, s is nor-
mal stress, m� is friction coefficient at V∗ where V∗ is
constant, L is characteristic slip distance, and y is so-called
state variable that represents the state along the fault



Slow Earthquake, Figure 7 Comparison between seismic
moment and the characteristic duration of various slow
earthquakes. LFE (red), VLF (orange), SSE (green), and ETS (light
blue) are low-frequency earthquake, very low frequency
earthquake, slow slip event, and episodic tremor and slip,
respectively. See Ide et al. (2007) for more details.
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surface. Coefficients a and b are constant.When the state y
does not change with time, it is called steady state and the
friction coefficient in such steady state mss is shown as

mss ¼ m0 þ a� bð Þ ln V
V�

� �
: (5)

A simple spring-slider model is often used to model the

fault slips (Ruina, 1983; Rice and Ruina, 1983). The sys-
tem is characterized by the normal stress, shear stress,
and the stiffness (or spring constant) k. Studies suggest
that the type of slip, either rapid or slow slip, is controlled
by several parameters. From Equation 5, it is suggested
that, if (a � b) is negative, the friction coefficient mss
becomes smaller when slip velocity V increases, which is
called velocity weakening. In case of velocity weakening,
system stiffness k controls the slip mode; if k is smaller
than a critical value kc which is given by (b � a) s/L
(e.g., Dieterich, 1979), then the slip is unstable. Even in
case of velocity weakening, the slip becomes slow if
(a � b) is close to zero. When (a � b) > 0, it is called
velocity strengthening and the slip is decelerated.

Marone et al. (1991) used the case of velocity strength-
ening to interpret the post-seismic transient slow slip
along the San Andreas fault and estimated the thickness
of surface velocity strengthening layer to be 2–5 km.
Yoshida and Kato (2003) used two tethered spring-sliders
model to investigate fault interactions and examined what
kind of conditions controls the occurrence of slow slip
events. They showed that the repeated slow slip events
may occur if the stiffness of the first block k is smaller than
kc and the second block is such that k is slightly bigger
than kc (which means that the condition is close to the
boundary between stable and unstable slip). They also
examined the case that an earthquake triggers the slow slip
events in the adjacent region as was observed in the case of
2003 Tokachi-oki earthquake.

Further application of the rate- and state-dependent fric-
tion law to the numerical simulation of slip along the fault
has been developed by a number of researchers. Tse andRice
(1986), for example, applied the relation to the two-
dimensional San Andreas fault and suggested that unstable
sliding may be limited to the depth shallower than 5–7 km
and the steady slow slips prevails below 13–15 km of depth.
Three-dimensional application was, for example, done by
Rice (1993) and Stuart and Tullis (1995).
Concluding remarks
Although the slow earthquake has been studied for
decades, its rapid progress was realized since the advent
of the Global Positioning System observations in the
middle of 1990s. Slow slip events would be one of the
most important discoveries in seismology in the
recent decades, thanks to GPS. In addition, the discoveries
of other low-frequency events by high-sensitivity seismic
arrays provided another important progress in understand-
ing the mechanism of earthquake generation.

It may be reminded that the whole earthquake cycle
was once categorized into four stages, namely, inter-
seismic, pre-seismic, co-seismic, and post-seismic stages,
and they had been studied rather independently. However,
these stages are now recognized as cross-sectional
views of single continuous series of progress of slips
along the fault under the unified governing fault constitu-
tive law.

Synthetic image of earthquake from high frequency
that has been recorded by seismometers to very low fre-
quency including transient slow events provided seismol-
ogists with opportunities of ultimate understanding of
what “earthquake” is. In order, however, to realize this,
a lot of more advanced researches are to be conducted
and the results should be synthesized; for example,
detailed deep sounding of structures of the lower crust
and upper mantle where brittle and ductile ruptures are
taking place should be conducted to clarify the field of
earthquakes. Also, laboratory experiments for developing
more conclusive governing laws of rapid and slow rup-
tures are indispensable. In addition, further findings of
slow slip events and slow earthquakes at various fields
in the world will provide deeper insights on the mecha-
nism of earthquake generation. Such progresses might
lead to a further development toward the most difficult
seismological problem of earthquake prediction.
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harmonic transform
Definition
A square integrable function, defined on a surface that has
a one-to-one correspondence with the unit sphere, may be
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represented as a linear combination of Surface Spherical
Harmonic functions. Spherical Harmonic Analysis
(SHA) is the process by which the coefficients defining
this linear combination are determined. These coefficients
constitute the Surface Spherical Harmonic spectrum of
the function. Functions that satisfy Laplace’s partial dif-
ferential equation are called harmonic. These can be
decomposed into series of Solid Spherical Harmonic func-
tions. Although SHA is not restricted to functions that rep-
resent potential fields, it plays a special role in the
determination of such fields through the solution of
Boundary Value Problems (BVP).

Introduction: basic formulas
A scalar function V , representing a potential field such as
the Earth’s gravitational or magnetic field, satisfies
Laplace’s partial differential equation (PDE), in the space
outside of the sources generating the field. In geocentric
spherical polar coordinates ðr; y; lÞ, where r is the radial
distance, y is the geocentric colatitude (defined as 90�
minus the geocentric latitude), and l is the longitude,
Laplace’s PDE takes the form (Heiskanen and Moritz,
1967, Equation 1–41):

DV � H2V ¼ @2V
@r2

þ 2
r
@V
@r

þ 1
r2

@2V

@y2

þ cot y
r2

@V
@y

þ 1

r2sin2y
@2V

@l2
¼ 0:

(1)

Equation 1 may be solved using the method of separa-

tion of variables. For the space outside a sphere of radius
r ¼ a, its solution may be written in the form (see
Heiskanen and Moritz, 1967 for a complete derivation):

V r; y; lð Þ ¼
X?
n¼0

a
r

� �nþ1 Xn
m¼�n

vnmYnm y; lð Þ: (2)

nþ1
h i
The functions a r=ð Þ Ynm y; lð Þ are called Solid

Spherical Harmonic functions. The Surface Spherical
Harmonic functionsYnm y; lð Þ are defined as:

Ynm y; lð Þ ¼ Pn mj j cos yð Þ 	
cosml

sin mj jl

( )
if m � 0

if m < 0
:

(3)

P cos yð Þ is the fully normalized Associated Legen-
n mj j
dre function of the first kind, of degree n and order mj j
(Heiskanen and Moritz, 1967, Sects. 1–11 and 1–14).
Fully normalizedAssociated Legendre functions are com-
monly used in geodesy. These are related to their un-
normalized counterparts Pn mj j cos yð Þ by:

Pn mj j cos yð Þ ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2� d mj j0
� �

2nþ 1ð Þ n� mj jð Þ!
nþ mj jð Þ!

s

	 Pn mj j cos yð Þ;
(4)
where:

d mj j0 ¼
1

0

if m ¼ 0

if m 6¼ 0

(
: (5)

For the surface spherical harmonic functions Y , this
nm
normalization implies that:

1
4p

Z

s

Z
Y 2
nm y; lð Þds ¼ 1; (6)

with the integration being performed over the unit sphere
s, whose area element is ds (ds ¼ sin ydydl). Note that
in geomagnetism, the Schmidt seminormalizedAssociated
Legendre functions (Blakely, 1995, p. 113)

^
Pn mj j cos yð Þ

are used instead. These are defined by:

^

Pn mj j cos yð Þ ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2� d mj j0
� � n� mj jð Þ!

nþ mj jð Þ!

s
	 Pn mj j cos yð Þ:

(7)

Surface spherical harmonics constitute a set of orthog-

onal basis functions on the unit sphere, i.e.:
Z

s

Z
Ynm y; lð ÞYsr y; lð Þds ¼ 0 if n 6¼ s or m 6¼ r or both:

(8)

This property of orthogonality permits the determina-

tion of the spherical harmonic coefficients vnm, which
appear in Equation 2, as follows. Assume for the sake of
this discussion that the function V r; y; lð Þ is observable
everywhere on the surface of the sphere r ¼ a. Equation 2
then takes the form:

V a; y; lð Þ ¼
X?
n¼0

Xn
m¼�n

vnmYnm y; lð Þ: (9)

In this case, the orthogonality of surface spherical har-

monics implies that:

vnm ¼ 1
4p

Z

s

Z
V a; y; lð ÞYnm y; lð Þds: (10)

The coefficients v constitute the surface spherical
nm
harmonic spectrum of the function V r; y; lð Þ, pertinent
to the surface of the sphere of radius r ¼ a. It should be
emphasized that spherical harmonic expansions, as the
one given in Equation 9, are not restricted to functions
satisfying Laplace’s equation (harmonic functions). Any
square integrable function f y; lð Þ, defined over a
surface S that has a one-to-one correspondencewith the unit
sphere, may be expanded in surface spherical harmonics as:

f S y; lð Þ ¼
X?
n¼0

Xn
m¼�n

f SnmYnm y; lð Þ; (11)
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with the coefficients f Snm given by:

f Snm ¼ 1
4p

Z

s

Z
f S y; lð ÞYnm y; lð Þds: (12)

The superscript “S” emphasizes the dependence of the
spectrum f Snm of the function f y; lð Þ, on the particular sur-
face S over which its values f S y; lð Þ are given. Jekeli
(1988) carefully distinguishes between the direct Legen-
dre transform (i.e., the spectrum) of an arbitrary square
integrable function f y; lð Þ, defined on a surface S that
has a one-to-one correspondence with the unit sphere,
and the special case of the solution of Laplace’s equation
when the boundary data reside on the surface of the sphere
r ¼ a. The former is expressed in Equations 11 and
12 above; the latter in Equations 9 and 10. Obviously
the two quantities take the same form with an appropriate
choice of coordinates. Furthermore, note that while
rather arbitrary functions can be expanded in surface
spherical harmonics, only harmonic functions (i.e., func-
tions satisfying Laplace’s equation) can be expanded
into solid spherical harmonics, within their region of
harmonicity.

The total power of the function f y; lð Þ, defined over the
surface S, is defined to be:
Sp
mG
to
ha
M f S
� 2n o

¼ 1
4p

Z

s

Z
f S y; lð Þ� 2

ds: (13)
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al2) implied by the EGM2008 global gravitational model, as a functi
the surface of a sphere of radius a ¼ 6; 378; 136:3 m. The relationsh
rmonic degree is provided in the insert. In SI units, 1 mGal ¼ 10�5 m
A generalization of Parseval’s theorem permits the
computation of M f S
� 2n o

from the spectrum f Snm, by:

M f S
� 2n o

¼
X?
n¼0

f Sn ¼
X?
n¼0

Xn
m¼�n

f Snm
� 2

: (14)

The quantities f S , defined as:
n

f Sn ¼
Xn
m¼�n

f Snm
� 2

; (15)

represent the total power (or variance) per spherical har-
monic degree. In geodetic literature, they are known as
degree variances. A direct correspondence exists between
spherical harmonic degree and spatial wavelength. There-
fore, the degree variances enable the study of the distribu-
tion of power within the function f S y; lð Þ, in terms of
spatial wavelength. For example, Figure 1 (Pavlis et al.,
2008) shows the degree variances implied by the Earth
Gravitational Model 2008 (EGM2008) for the free-air
gravity anomaly signal.

Spherical harmonic expansions of functions, such as
the Earth’s topography (heights above and depths below
the Mean Sea Level), surface temperature, atmospheric
pressure, etc., are very useful since they permit the study
of the spectral properties of these functions. Furthermore,
the decomposition of these functions into their spectral
components permits the efficient application of convolu-
tions on the sphere (Driscoll and Healy, 1994), and of
0 1440 1800 2160
nic Degree (n)

 g 2 (n − 1)2        C 2
nm

m = −n

n
∑

egree variances cnð Þ of the free-air gravity anomaly signal (in
on of spherical harmonic degree n. The degree variances refer
ip between half-wavelength l 2=ð Þ resolution and spherical
s�2.
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band-pass filtering of data, with strict control on the fil-
ter’s spherical harmonic-degree bandwidth. For functions
representing potential fields, in addition to these spectral
analysis applications, spherical harmonic analysis offers
one approach for the solution of the underlying Boundary
Value Problem that is associated with the specific func-
tional of the field that has been observed.We discuss these
aspects next.

Boundary Value Problems (BVP) of potential
theory
In general, a BVP consists of a differential equation that
is subject to a set of boundary conditions. In potential
theory, the unknown (scalar) function to be determined
is the potential, V , which satisfies Laplace’s PDE, in
the space outside of its generating sources. The function
V should vanish at infinity as the reciprocal of the distance
between the point in question and the generating
source element. The boundary conditions, in order to be
of practical use, should represent quantities related to V
( field functionals) that are observable over some
surface S. Two general approaches exist for the solution
of a BVP:

(a) Solution using spectral analysis, i.e., spherical
harmonics

(b) Solution using Greens functions, i.e., integral
formulas

Traditionally, in gravimetric geodesy, the following
three BVP of potential theory have been considered:

1. First BVP of potential theory, or Dirichlet’s problem
(Heiskanen and Moritz, 1967, Sects. 1–16): given an
arbitrary function f on a surface S, determine
a function V that is harmonic either inside or outside
S and which assumes on S the values of the prescribed
function f . If the surface S is a sphere of radius r ¼ a,
the solution in terms of spherical harmonics, for the
region outside S, is given by Equation 2. The
corresponding Greens function solution is given by
Poisson’s integral formula (Heiskanen and Moritz,
1967, Equation 1–89).

2. Second BVP of potential theory, or Neumann’s prob-
lem (Heiskanen and Moritz, 1967, Sects. 1–17): here,
instead of the values of the potential V itself, one is
given on a surface S the values of its normal derivative
@V @n= . The normal derivative is the derivative along
the outward-directed surface normal n to S. If the sur-
face S is a sphere of radius r ¼ a, the solution in terms
of spherical harmonics, for the region outside S, is
given by:

V r; y; lð Þ ¼ �a
X?
n¼0

1
nþ 1

a
r

� �nþ1 Xn
m¼�n

unmYnm y; lð Þ;

(16)

where unm is the spectrum of the @V @n= boundary
values, given on the sphere r ¼ a, i.e.:
@V
@n

� �

r¼a

¼ @V
@r

� �

r¼a

¼
X?
n¼0

Xn
m¼�n

unmYnm y; lð Þ:
(17)

The values of unm can be obtained from:

unm ¼ 1
4p

Z

s

Z
@V
@r

� �

r¼a

Ynm y; lð Þds: (18)

The corresponding Greens function solution to the sec-
ond BVP is given byHotine’s integral formula (Hotine,
1969).

3. Third BVP of potential theory (Heiskanen and Moritz,
1967, Sects. 1–17): here, a linear combination of V and
of its normal derivative @V @n= is given on the surface
S, i.e., hV þ k @V @n=ð Þ is given on S. Again, if the sur-
face S is a sphere of radius r ¼ a, the solution in terms of
spherical harmonics, for the region outside S, is given by:

V r; y; lð Þ ¼
X?
n¼0

1
h� k a=ð Þ nþ 1ð Þ

a
r

� �nþ1

Xn
m¼�n

wnmYnm y; lð Þ;
(19)

where wnm is the spectrum of the hV þ k @V @n=ð Þ
boundary values, given on the sphere r ¼ a, i.e.:

hV þ k
@V
@n

� �

r¼a

¼ hV þ k
@V
@r

� �

r¼a

¼
X?
n¼0

Xn
m¼�n

wnmYnm y; lð Þ:
(20)

The values of wnm can be obtained from:

wnm ¼ 1
4p

Z

s

Z
hV þ k

@V
@r

� �

r¼a

Ynm y; lð Þds: (21)

This particular BVP is of great importance to physical
geodesy. The determination of the geoid given gravity
anomalies as boundary data – called the BVP of phys-
ical geodesy – represents a specific case of this third
BVP, where h ¼ �2 a= and k ¼ �1. With these values
for h and k, if the surface S is a sphere of radius r ¼ a,
the solution in terms of spherical harmonics, for the
region outside S, is given by:

V r; y; lð Þ ¼ a
X?
n¼0

1
n� 1

a
r

� �nþ1 Xn
m¼�n

gnmYnm y; lð Þ;

(22)

where gnm is the spectrum generated from the SHA of
the gravity anomaly boundary values that are given
on the sphere r ¼ a. The corresponding Greens
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function solution to the BVP of physical geodesy is
given by Stokes’ integral formula (Heiskanen and
Moritz, 1967, Sects. 2–16).

Other BVP may also be formulated and solved, which
correspond to other observable boundary data. For exam-
ple, one may consider the tensor of second-order gradients
of the gravitational potential (Moritz, 1980, p. 4) (or some
subset of the elements of this tensor) as boundary data,
which give rise to BVP corresponding to gravity
gradiometry.

Equations 9, 17, and 20 are all of the same form as
Equation 11. Therefore, provided that the boundary data
are given on, or can be reduced to, the surface of
a sphere of radius r ¼ a, surface SHA may be used to
determine the surface spherical harmonic spectrum of the
field. This surface spectrum, multiplied by the appropriate
radial terms that appear in Equations 2, 16, and 19, pro-
vides then a solution in terms of solid spherical harmonics,
to the corresponding BVP. The convergence of the series
2, 16, and 19 is guaranteed in the space outside of the
sphere r ¼ a.

Laplace’s PDE can also be expressed in terms of the
ellipsoidal coordinates u; d; lð Þ, where u is the semi-minor
axis of the confocal ellipsoid, d is the reduced colatitude
(defined as 90� minus the reduced latitude), and l is the
longitude (Heiskanen and Moritz, 1967, Sects. 1–19).
The Cartesian coordinates x; y; zð Þ of a point are related
to its spherical r; y; lð Þ and ellipsoidal u; d; lð Þ coordi-
nates as follows:

x ¼ r sin y cos l ¼ u2 þ E2
� �1 2=

sin d cos l

y ¼ r sin y sin l ¼ u2 þ E2
� �1 2=

sin d sin l;

z ¼ r cos y ¼ u cos d

(23)

where E is the constant linear eccentricity of the family of
confocal ellipsoids defining the coordinate system.
Expressed in the u; d; lð Þ coordinate system, Laplace’s
PDE can also be solved using the method of separation
of variables. The solution, for the space exterior to
a reference ellipsoid with semi-minor axis u ¼ b, is given
by (Heiskanen and Moritz, 1967, Sects. 1–20):

V u; d; lð Þ ¼
X?
n¼0

Xn
m¼�n

Qn mj j i u E=ð Þð Þ
Qn mj j i b E=ð Þð Þ znmYnm d; lð Þ:

(24)

Q i u E=ð Þð Þ is the Associated Legendre function of
n mj j
the second kind, of degree n and order mj j (Heiskanen
and Moritz, 1967, Sects. 1–12). i is the imaginary unit
(i ¼ ffiffiffiffiffiffiffi�1

p
). On the surface of the reference ellipsoid

u ¼ b, Equation 24 becomes:

V b; d; lð Þ ¼
X?
n¼0

Xn
m¼�n

znmYnm d; lð Þ: (25)
Equation 25 is of the same general form as Equations 9

and 11, with the important distinction that d now repre-
sents the reduced colatitude. The surface ellipsoidal har-
monic spectrum znm can be determined from:

znm ¼ 1
4p

Z

s

Z
V b; d; lð ÞYnm d; lð Þds; (26)

in exactly the same fashion as in the case of the surface
spherical harmonic spectrum in 10 and 12. Note that the
integration is again over the unit sphere, whose area ele-
ment is now defined as ds ¼ sin ddddl.

Spherical harmonics are used extensively in geodesy
because of their simplicity, and because the Earth, to
a first-order approximation, is a sphere. Since, to
a second-order approximation, the Earth resembles more
an ellipsoid of revolution, ellipsoidal harmonics are more
suitable for the solution of BVP, when the boundary data
reside on or near the surface of the Earth. The transforma-
tion between ellipsoidal and spherical harmonics can be
performed using the exact analytical relationships formu-
lated by Jekeli (1988) and implemented by Gleason
(1988). In this fashion, the use of the rather complicated
solid ellipsoidal harmonics of Equation 24 may be
avoided altogether.

Spherical Harmonic Analysis (SHA): numerical
techniques
Let us consider Equations 11 and 12. Equation 11 is repre-
sentative of Equations 9, 17, 20, and 25, while Equation 12
is representative of Equations 10, 18, 21, and 26. Each one
of Equations 11 and 12 suggests an alternative approach
for the estimation of the coefficients f Snm, as we discuss
next.

Least Squares Adjustment. The first approach uses the
linear mathematical model of Equation 11 to set up a sys-
tem of observation equations. With f Sobs representing the
observable quantity and f̂ Snm the estimates of the unknown
parameters, the observation equations can be written as:

u y; lð Þ ¼
XN
n¼0

Xn
m¼�n

f̂ SnmYnm y; lð Þ � f Sobs y; lð Þ; (27)

where u y; lð Þ is the residual associated with the observa-
tion f Sobs y; lð Þ. Notice that in Equation 27 the summation
over spherical harmonic degree was truncated to a finite
maximum degree N . In vector-matrix notation, Equa-
tion 27 takes the form:

v ¼ Ax̂� l: (28)

v is the vector representing the residuals u y; lð Þ, A is the

design matrix containing the terms that multiply the
unknown parameters f̂ Snm, x̂ is the vector representing
the unknown parameters f̂ Snm, and l is the vector containing
the observations f Sobs y; lð Þ. In Equation 28, only the matrix



SPHERICAL HARMONIC ANALYSIS APPLIED TO POTENTIAL FIELDS 1387
A and the vector l are known quantities. The linear system
(28) can be solved using the method of Least Squares
Adjustment. If S denotes the variance–covariance matrix
of the errors associated with the observations f Sobs y; lð Þ,
then, minimization of the quadratic form:

f ¼ vTS�1v; (29)

subject to the condition (28), leads to the normal
equations:

Nx̂ ¼ U;where N ¼ ATS�1A and

U ¼ ATS�1l:
(30)

A scaled version of the inverse of the variance–covari-

ance matrix is the weight matrix P. P ¼ s20S

�1 and s20 is
called the a priori variance of unit weight. s20 represents
the error variance of an observation whose weight is equal
to 1. The solution of the system of normal equations is:

x̂ ¼ N�1U: (31)

The variance-covariance matrix of the errors associated

with the estimated values x̂ is given by:

Sx̂ ¼ N�1 ¼ ATS�1A
� ��1

: (32)

Carl Friedrich Gauss (1777–1855), who is credited

with the development of the Least Squares Adjustment
technique, used this approach in the analysis of geomag-
netic data. Herein, we abbreviate the Least Squares
Adjustment technique by LS.

Although in the previous discussion we presented the
application of the LSmethod to a mathematical model that
describes a surface spherical harmonic expansion, the LS
method could be applied equally well to mathematical
models describing solid spherical harmonic expansions,
like those of Equations 2, 16, and 19. This means that
one may use the LS method to estimate the spectra of
potential fields, even when the boundary data are arbi-
trarily located in the three-dimensional space. In contrast,
the Numerical Quadrature technique that we discuss next,
when used for the determination of potential fields,
requires that the boundary data are located over surfaces
that are coordinate surfaces in the coordinate system in
which Laplace’s equation is formulated and solved
(r ¼ const: for spherical harmonics, u ¼ const: for ellip-
soidal harmonics). In theory, these coordinate surfaces
must also encompass all the sources generating the field.

Numerical Quadrature. In the above discussion of the
LS technique, the distribution, both in terms of location
and in terms of number, of the measured values f Sobs y; lð Þ
remained unspecified. Consider now an equiangular
ðDy ¼ DlÞ partition of the unit sphere, along meridians
ðl ¼ const:Þ and parallels ðy ¼ const:Þ. Such a partition
creates a grid of L� 2L cells on the unit sphere, where
L ¼ p Dy= . Let us assume that the function f y; lð Þ was
sampled in such a way that, for each one of the L� 2L
cells, a value f Sobs y; lð Þ exists that corresponds, for exam-
ple, to the center of that cell. Such a sampling suggests
a possible discretization of the surface integral of Equa-
tion 12, leading to the following Numerical Quadrature
(NQ) formula (Colombo, 1981, Equation 1.5):

~f Snm ¼ 1
4p

XL�1

i¼0

X2L�1

j¼0

f Sobs yi; lj
� �

Ynm yi; lj
� �

Dsi; (33)

where the area element Dsi of the cells residing on the ith
“row” is given by:

Dsi ¼ Dl
Zyiþ1

yi

sin ydy ¼ Dl 	 cos yi � cos yiþ1ð Þ: (34)

Equation 33 is a simple NQ formula, applicable to data

f Sobs y; lð Þ that represent point values.

In general, the estimate of the spectrum obtained either
by using LS or by using NQ, will be different from the
“true” spectrum fnm of the function f y; lð Þ. Furthermore,
even when the two techniques are applied to the same data
f Sobs y; lð Þ, their estimates will be, in general, different, i.e.:

f̂ Snm 6¼ ~f Snm: (35)

It is therefore appropriate to consider the specific

errors that affect f̂ Snm and ~f Snm, compare the LS and NQ tech-
niques, and determine if it is possible to design and formu-
late any other SHA technique(s) that would satisfy some
desirable optimality criterion. This study was essentially
carried out by Colombo (1981), in his treatise of the sub-
ject, entitled Numerical Methods for Harmonic Analysis
on the Sphere. We summarize in the following Colombo’s
developments and provide some examples of practical
application of his formulations. Before this, however, we
need to define and discuss briefly the error sources that
affect any estimate of the spectrum of a function that is
obtained on the basis of observed data, regardless of the
technique that is used to obtain this spectrum.


 Error Sources. Two types of errors affect any estimate
of the spectrum that is obtained from observations of
a function: (a) Sampling error, and, (b) Propagated
noise. The sampling error arises due to the fact that in
reality, observations can only be made at a finite num-
ber of discrete points, while Equations 11 and 12
require the function f y; lð Þ to be known at every point
on the surface S. Propagated noise, on the other hand,
arises due to the fact that observations can never be
error-free. Therefore, errors in the observations (both
random and systematic) will generally propagate into
the spectrum that is estimated from them.

Optimal Estimation. The particular way that sampling
errors and propagated noise affect the estimated spectrum
depends on the particular technique used to estimate the
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spectrum. Colombo (1981) designed and formulated
a linear estimator of the spectrum, which is optimal in
the sense that it minimizes the sum of the squares of the
sampling error and the propagated noise. His Optimal
Estimation (OE) technique is a form of Numerical Quad-
rature, where the optimal quadrature weights are defined
using the formalism of Least Squares Collocation (LSC)
(Moritz, 1980). By exploiting the geometry of regular
grids (i.e., grids where at least the longitude increment is
constant) of data located over surfaces that have rotational
symmetry (such as a sphere or a rotational ellipsoid), and
by imposing certain conditions on the covariance func-
tions of the signal and the data noise, Colombo (1981)
demonstrated that the variance–covariance matrix of such
data sets consists of Toeplitz-circulant blocks. These
matrix blocks can be formed and inverted very efficiently,
even when the size of the data set is very large. Colombo’s
OE technique was used in the gravitational field expansion
developed by Hajela (1984), and in the OSU86C/D global
gravitational models developed by Rapp and Cruz
(1986a). Additional discussion about the estimation of
gravitational spectra using LSC can be found in
Tscherning (2001).

Colombo (1981, p. 76) also investigated the use of
a semiempirical set of numerical quadrature weights,
which depend only on the spherical harmonic degree,
and can be evaluated very easily as a function of Pellinen’s
smoothing factors (Colombo, 1981, p. 85). Although
suboptimal, these numerical quadrature weights proved
to be quite adequate and were used in several gravitational
modeling studies. The OSU86E/F (Rapp and Cruz,
1986b) and the OSU89A/B (Rapp and Pavlis, 1990)
global gravitational models were developed using these
semiempirical numerical quadrature weights.

Practical aspects
Several factors complicate the application of SHA tech-
niques when analyzing real data. These are related on the
one hand to the inherent properties of the alternative
SHA techniques, and on the other to the properties of the
data to be analyzed. The former have to do with the com-
putational capabilities and requirements (i.e., the flexibil-
ity and efficiency) of the different SHA techniques. The
latter include issues related to the distribution and type
(point or area-mean values) of the available data, the
geometry of the grid to which the original data are
reduced, the spectral properties of the function f y; lð Þ that
is being approximated, and the spectral properties of the
errors that may affect the observed values f Sobs y; lð Þ. We
discuss briefly these factors in the following paragraphs.


 Computational Issues.An inspection of Equations such
as (11) indicates that a spherical harmonic expansion
complete to degree and order N contains N þ 1ð Þ2 har-
monic coefficients f Snm in total. Therefore, the normal
matrix N of Equation 30 has dimensions
N þ 1ð Þ2 � N þ 1ð Þ2. The structure and characteristics
of the matrix N depends on the geometry of the
available data distribution and on the characteristics of
the variance–covariance matrix S of the data errors. If
the data to be analyzed are arbitrarily located in latitude
and longitude, as is the case with most raw geophysical
data collected in the field (e.g., gravimetric or magneto-
metric data), then, apart from symmetry, the matrix N
would be fully occupied. The same is true (in general)
if the error variance–covariance matrix S is arbitrary.
The size of the normal matrix N is already formidable
for expansions complete to degree and order 200 or
so. Normal matrices for expansions to degree and order
2160, as the one corresponding to the EGM2008 model
(Pavlis et al., 2008), are well beyond current computa-
tional capabilities. Nevertheless, provided that the size
of the normal matrix can be handled computationally,
LS adjustment and LSC are the only techniques that
can handle arbitrarily located data, with arbitrary error
variance–covariance matrices. NQ and OE require the
data to be input in the form of a grid, and impose restric-
tions on the stochastic properties of the noise,
represented within the matrix S. In the following, we
assume that the raw data have been preprocessed in
some fashion, so that the input data to the various esti-
mators are available in gridded form.

As we mentioned previously, unlike estimators based
on orthogonality relations, LS permits also the use of solid
spherical harmonics in the formation of observation equa-
tions. Assume for the sake of this example, that a grid of
potential values V is available over the physical surface
of the Earth (the topography). One may then form obser-
vation equations on the basis of the mathematical model
given in Equation Equation 2. In such a case, even if the
V values are given over a regular latitude-longitude grid,
these values would still be located arbitrarily in the radial
direction. This would then require the formation and inver-
sion of a fully occupied normal matrix, as it is described by
Pavlis (1988), who performed such estimations to degree
36, 50, and 70, using equiangular grids of free-air gravity
anomalies defined on the surface of the Earth’s
topography.


 Data Organization, Types, and Distribution. In most
geodetic and geophysical SHA applications, the data
are organized in geographic grids. Equiangular grids
are most often used, although grids with cells of equal
area are also possible, and have been used in some
cases. There is therefore a need to transition from the
arbitrarily located point measurements, to “artificial”
measurements referring to the nodes of some specified
grid. In geodetic practice, this transition is accom-
plished by predicting what the “artificial” grid measure-
ments would have been, given the available arbitrarily
scattered data. The prediction is done using the LSC
formalism, which requires some knowledge of the sig-
nal and noise covariance functions of the data (Moritz,
1980). One usually applies LSC to predict area-mean
values for the grid cells, rather than point values.
SHA can be applied equally well using either point or



SPHERICAL HARMONIC ANALYSIS APPLIED TO POTENTIAL FIELDS 1389
area-mean gridded data. In the case of area-mean
values, the mathematical models have to be modified
appropriately, so that they accurately represent the
area-mean character of the data. This is done by inte-
grating the surface spherical harmonic functions over
the specific latitudinal and longitudinal limits of each
grid cell. From Equation 3 one has:

Zyiþ1

yi

Zljþ1

lj

Ynm y; lð Þ sin ydydl

¼
Zyiþ1

yi

Pn mj j cos yð Þ sin ydy

Zljþ1

lj

cosml

sin mj jl

( )
dl

if m � 0

if m < 0
:

(36)
Efficient recurrence relationships for evaluating the
integrals of the Associated Legendre functions have been
derived by Paul (1978). The numerical treatment of the
evaluation of Associated Legendre functions of very high
degree (e.g., n > 1; 400 or so) requires special care since
some of the values of these functions become exceedingly
small, which could cause numerical problems.

Even after the gridding of geophysical data collected on
or near the Earth’s surface, the radial location of these
data, corresponding to the Earth’s topography, remains
arbitrary. Solutions of BVP that are based on orthogonal-
ity relations, formulated in either spherical or ellipsoidal
harmonics, require these data to be located over a sphere
or an ellipsoid, respectively. This artificial (approximately
radial) “movement” of the data can be accomplished using
analytical continuation. Wang (1987, 1988) discusses
some techniques that can be applied to analytically con-
tinue gravity anomaly data.

In many geophysical problems where SHA techniques
are applied, the available data do not suffice to cover
completely the Earth. Data gaps can produce undesirable
leakage effects in the spectral estimates, which by defini-
tion are of global character, and require global coverage.
These undesirable effects are different depending on the
particular technique used to estimate the spectrum. In
LS, the spectral estimator “interprets” a data gap as an
undefined data value with infinite error, i.e., zero weight
(see Pavlis, 1988 for details). In NQ techniques, the estima-
tor “interprets” a data gap as a data value that is equal to
zero. In either case, the estimated spectrum would produce
undesirable results when evaluated over the region of the
data gap. It is therefore preferable to “fill in” data gaps with
some reasonable values of the quantity under consideration.
These “fill-in” values may be obtained on the basis of other
data and/or models. For example, in gravity modeling,
topographic elevations and models of the isostatic
compensation may be used to “fill in” areas void of actual
gravity measurements (cf. Pavlis and Rapp, 1990).


 LS versus NQ techniques. It is of interest to compare the
LS and the NQ techniques from an analytical as well as
a numerical perspective. Such studies have been
reported by Rapp (1969, 1986), Colombo (1981), and
Pavlis (1988). Sneeuw (1994) discussed the two tech-
niques from a historical perspective. A brief review of
the conclusions reached by these investigations fol-
lows. Detailed derivations and analyses supporting
these conclusions can be found in the cited references.
NQ is used here to identify the simple numerical quad-
ratures formula with the semiempirical set of
suboptimal quadrature weights proposed by Colombo
(1981, p. 76).
1. NQ determines each harmonic coefficient indepen-

dently of all others. In contrast, LS estimates
a correlated set of coefficients; thus, solutions to dif-
ferent maximum degrees will yield different values
for the common harmonic coefficients. This will
occur even if the input data are uncorrelated, and
arises from the loss of orthogonality between the
discrete (point or integrated) samples of the Associ-
ated Legendre functions (Pavlis, 1988, Sect. 4.2.1).
Unlike the Legendre functions, discrete (point, as
well as integrated) samples of cosml and sinml pre-
serve their orthogonality in the interval [0, 2p), as
long as the sampling intervalDl is constant. It is this
orthogonality property of sines and cosines, along
with the equatorial symmetry and the parity proper-
ties of Legendre functions, which produce the spar-
sity patterns of the Block-Diagonal (BD) Least
Squares technique that we discuss next.

2. NQ cannot account for varying accuracies of the
input data, while the LS estimator is capable of
accounting for any (positive-definite) error vari-
ance–covariance matrix S associated with the input
data.

3. If L ¼ p Dy=ð Þ denotes theNyquist degree implied by
the data sampling interval, then the normal equa-
tions formed based on observation equations like
(27) become singular if N � L (Colombo, 1981),
where N is the maximum solved-for degree.

4. LS estimation (and LSC) can recover exactly a set of
coefficients from “synthetic” noiseless data, pro-
vided that the data are band-limited and their fre-
quency content does not exceed the Nyquist
degree. This property offers also one verification test
that any software developed to perform SHA using
the LS technique should pass (Pavlis, 1988,
Sect. 4.2.2). The simple NQ technique is incapable
of recovering the original “true” coefficients from
which the “synthetic” data were computed, as
Rapp’s (1986) numerical experiments have also
demonstrated.

5. Unlike the LS technique, the simple NQ does not
involve any matrix formation or inversion. In this
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regard, the simple NQ is considerably less demand-
ing computationally than LS. In addition, if the sam-
pling interval Dl in the longitude direction is
constant, then the NQ SHA algorithm can benefit
enormously from the application of Fast Fourier
Transform (FFT) techniques, as it was pioneered
by Colombo (1981).

6. In contrast to the simple NQ, the LS technique pro-
duces not only the estimates of the coefficients, but
also an estimate of their error variance–covariance
matrix (see Equation 32). This matrix can then be
used to propagate the errors of the estimated coeffi-
cients onto other quantities that may be computed
from them.

Block-Diagonal (BD) Least Squares. From the previ-
ous discussion, it becomes clear that a SHA technique that
would combine the computational efficiency of the simple
NQ, with the rigor and flexibility of LS, is highly desir-
able. Such a technique would attempt to retain the advan-
tages of both techniques, while avoiding their respective
limitations. The Block-Diagonal (BD) Least Squares
may be viewed as such a “best of both worlds” type of
technique. Colombo (1981) has shown that if:

(a) The data reside on a surface of revolution (e.g.,
a rotational ellipsoid or a sphere)

(b) The grid is complete and the longitude increment is
constant

(c) The data weights are longitude-independent
(d) The data weights are symmetric with respect to the

equator

then, the elements of the normal matrix N, corresponding
to the coefficients f Snm and f Srq, would be zero as prescribed
by (see also Pavlis, 1988 for details):

N½ �f Snmf Srq ¼ 0 if m 6¼ q;

or if m ¼ q and n� r ¼ 2k þ 1:
(37)

Note that in this notation the order subscript is a signed

integer, whose sign identifies the type of coefficient (pos-
itive: cosine, negative: sine). If condition (d) does not hold
true, then:

N½ �f Snm f Srq
¼ 0 if m 6¼ q: (38)
Spherical Harmonic Analysis Applied to Potential Fields, Table 1 St
to degree N = 360 (excluding degree n = 1 coefficients) using differ

Statistic

Sparsity patte

BD1

Total number of nonzero elements 7,905,721
Percentage of full matrix elements 0.09
Number of blocks 1,440
Number of unknowns in largest block 181
Number of elements in largest block 16,471
The sparsity patterns implied by Equations 37 and 38

will be referred to as BD1 and BD2 respectively. In addi-
tion, a BD3 pattern may be considered, defined by:

N½ �f Snm f Srq
¼ 0 if jmj 6¼ qj j; (39)

which admits nonzero off-diagonal elements across coeffi-
cients of different type within a given order. It is instructive
to consider the computational efficiency implied by these
patterns. Table 1, which is taken from Pavlis, pp. 8–5, in
Lemoine et al. (1998), provides relevant statistics for an
expansion complete from degree and order 0 to degree
and order 360, excluding degree n=1 terms. Such an expan-
sion involves 130,318 unknown coefficients and the upper
(or lower) triangular part of the symmetric but fully occu-
pied normal matrix N has 8,491,455,721 elements in total.

The enormous computational savings that can be
inferred from Table 1 make the BD approximations very
attractive estimation techniques. These savings, however,
come at the expense of the rigor exercised in the imple-
mentation of the SHA. Any approximation of a normal
matrix by a BD structure should be simple enough to per-
mit efficient numerical implementation, and, on the same
time, rigorous enough to maintain the most important
characteristics of the full matrix. Therefore, one has to
consider carefully whether the approximations leading to
the various BD sparsity patterns can be tolerated, given
the characteristics of the particular data set that is ana-
lyzed. For example, in global gravitational modeling
applications, the real-world gravity anomaly data to be
analyzed comply only with the conditions (a) and (b)
above. In fact, to comply even with the (a) and (b) condi-
tions, “filling-in” techniques and analytical continuation
have to be employed, since the original data set is neither
complete, nor residing on any surface of revolution, since
it refers to the Earth’s topography. These aspects were
carefully considered in the development of the OSU91A
(Rapp et al., 1991) and the EGM96 (Lemoine et al.,
1998) gravitational models. In both these models, different
SHA techniques were used toward the estimation of differ-
ent spectral portions of the models. This was due to the fact
that different spectral portions of these models were deter-
mined on the basis of different gravimetric data sets.

In the case of band-limited data, one can show that the
LS adjustment approach using a priori information is
atistics of normal matrices related to an expansion complete
ent sparsity patterns

rn

BD2 BD3

15,746,100 31,362,241
0.19 0.37
721 361
360 718
64,980 258,121
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formally equivalent to LSC (Moritz, 1980, p. 166;
Colombo, 1981, Sect. 2.13). In such a case, the BD
approaches discussed previously are the Least Squares
counterpart of Colombo’s (1981) Optimal Estimation
technique.

BD techniques of varying sophistication have been
used to develop GPM2 (Wenzel, 1985), DGFI92A
(Gruber and Bosch, 1992), GFZ95A (Gruber et al.,
1996), the GPM98A, B, and C models (Wenzel, 1998,
1999), and the EGM2008 model (Pavlis et al., 2008).

Some of the BD structures of the normal matrix that
were discussed above arise also in the analysis of data
from certain configurations of Satellite-to-Satellite Track-
ing (SST) and of Satellite Gravity Gradiometry (SGG).
This was also recognized and studied by Colombo
(1984, 1989). Schuh (1996) provides a detailed study of
the numerical solution strategies applicable to the analysis
of such observables. SST data (in the “low-low” configu-
ration) are currently available from the GRACE mission
(GRACE, 1998), and SGG data are currently being col-
lected from the GOCE mission (ESA, 1999). The avail-
ability of BD normal matrices resulting from the analysis
of SST and SGG data is very important when considering
the combination of these matrices with corresponding
matrices derived from the analysis of global grids of gravi-
metric data. Such a combination of BD normal matrices
permits the efficient development of global gravitational
models to a very high degree (2160), as it was done in
the case of EGM2008 (Pavlis et al., 2008).

Summary
Spherical Harmonic Analysis (SHA) is a critical element
of the solution of Boundary Value Problems associated
with potential fields. SHA is applicable not only to poten-
tial fields but also to a rather wide class of functions that
are sampled over surfaces which have a one-to-one corre-
spondence with the unit sphere. Least Squares (using
either fully occupied or block-diagonal normal matrices),
Numerical Quadrature, and Optimal Estimation tech-
niques have been used to perform SHA within gravita-
tional and magnetic field modeling efforts. The
organization of the data to be analyzed in the form of geo-
graphic grids defined by meridians and parallels enables
the use of highly efficient numerical algorithms for
SHA. In particular, grids with constant longitudinal spac-
ing of data permit the application of Fast Fourier Trans-
form techniques, thereby increasing tremendously the
efficiency of the SHA algorithms.
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STATISTICAL SEISMOLOGY
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Synonyms
Earthquake statistics; Statistical methods in seismology

Definition
Stochastic process. A process evolving in time governed
partly by probability distributions.
Point process. Stochastic process of point events in time or
space or both.
Renewal process. Point process in which the probability
distribution of the time to the next event depends only
on the time since the last event.
Stationary Poisson process. Point process in which the
numbers of events in distinct time intervals of the same
length are independent and have the same distribution.
Branching process. Process involving ancestors and
offspring.

Introduction
Statistical seismology is an emerging field of research at
the interface of statistical and physical modeling of earth-
quake occurrence. It is concerned with quantifying and
understanding the distribution of earthquakes in time,
magnitude, and location. It includes empirical analysis of
earthquake catalogues, stochastic modeling of earthquake
occurrence, estimation of the probability of earthquake
occurrence and of earthquake-induced ground shaking,
and testing the forecasting power of physical and statisti-
cal models of seismicity (Vere-Jones et al., 2005). It pro-
vides input to the management of seismic hazard and
risk. Although efforts have so far focused mainly on the
study of earthquake catalogues, there is scope to incorpo-
rate other geophysical measurements into the analyses.

Empirical relations
One of the classical empirical relations of statistical
seismology is the Gutenberg and Richter (1944) law,
according to which the distribution of earthquake
magnitudes M within a large time-space volume has
a probability density proportional to 10�bM, where the
parameter b is close to 1. Physical upper limits to earth-
quake size necessitate tapering of the density at high
magnitudes (Kagan, 1999). For small space-time volumes
and in certain tectonic settings, the b-value can differ
markedly from 1. Temporal variation in b-value has been
proposed as an earthquake precursor. Since the radiated
seismic energy ES of an earthquake is approximately
proportional to 101.5M, the Gutenberg–Richter law implies
that the distribution of radiated seismic energy has density
proportional to ES

�(b+1), where b ¼ 2 3= b. Thus, the
Gutenberg–Richter law can be viewed as a power law.
The existence of such power laws is often taken as evi-
dence of fractality and self-organized criticality in the
earthquake process (Bak and Tang, 1989).

Earthquakes tend to occur in clusters. A common type
of cluster is the main shock – aftershock sequence. The
Omori–Utsu law, first noted by Fusakichi Omori in
1894, describes how an aftershock sequence decays over
time (Utsu et al., 1995). According to this relation, which
is also a power law, the rate of aftershock occurrence is
proportional to (t + c)�p, where t is the elapsed time fol-
lowing the occurrence of the main shock, and c and p are
adjustable parameters, typically with c << 1 day, and
p � 1. In some large aftershock sequences, the relation
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can be seen to hold for decades after the occurrence of the
main shock.

The area occupied by an aftershock sequence is approx-
imately 10M�4 km2, whereM is the main shock magnitude
(Utsu, 1961). This is consistent with scaling relations
derived for earthquake source dimensions – fault length,
width, and displacement – all of which are approximately
proportional to 100.5M (Wells and Coppersmith, 1994).
However, sometimes major earthquakes appear to trigger
aftershocks at long distances from the earthquake source.
These can be accommodated by a power law in which
the aftershock density is proportional to (d2 + r2)�q, where
r is the distance from the source, q is an adjustable
parameter, typically about 1.5, and d is a function pro-
portional to100.5M.

According to Båth’s law (Båth, 1965), the largest after-
shock is typically about 1.2 magnitude units smaller than
the main shock. This indicates that the main shock and
its aftershocks do not by themselves conform to the
Gutenberg–Richter relation, the main shock being too
large relative to the other earthquakes in the set. The exis-
tence of other types of earthquake clusters than main
shock – aftershock sequences, such as swarms (which
have no main shock) and multiplets (which may have sev-
eral main shocks) is a confounding element in attempts to
systematically examine Båth’s relation.

Rules for defining and classifying earthquake clusters
are necessarily somewhat arbitrary. Sometimes
a stochasticmodel of earthquake clustering is used to calcu-
late the probability that a given earthquake belongs to
a cluster, and then the analysis considers many different
possible groupings of the earthquakes into clusters (Zhuang
et al., 2002).

Data quality is an ever-present issue affecting statistical
analysis of earthquake catalogues. It is necessary to estab-
lish the quality of a catalogue at the outset, because an anal-
ysis can be seriously compromised by changes in the
quality of the catalogue over time, such as temporal and spa-
tial variation of the magnitude threshold of completeness.
On the positive side, catalogue data are generally improving
in both quality and quantity as better seismograph networks
and earthquake location techniques are employed, and this
is creating opportunities for more detailed analyses.
Precursors
Studies aimed at identifying precursors of large earth-
quake are faced with a dual challenge: Whereas large
earthquakes are relatively rare, the number of degrees of
freedom available when attempting to identify precursors
is large. Therefore, a careful analysis is required before
the conclusion is drawn that a proposed precursory phe-
nomenon is real. A retrospective analysis can be used to
define a possible precursory phenomenon, but prospective
testing is necessary to confirm it.

Many major earthquakes are preceded in the long term
by an increase in the rate of occurrence and magnitude of
minor earthquakes, in an area not much larger than the
major earthquake source. This is called the precursory scale
increase (Evison and Rhoades, 2004). Sometimes, it con-
sists of a sequence of swarms. The magnitude of the largest
precursor is typically about one unit smaller than that of the
main shock, and the precursor time TP (the time from the
onset of the increase to the main shock) and the area in
which the precursors, major earthquake, and aftershocks
all take place are both approximately proportional to
100.5M. Earthquake precursors for which TP is proportional
to 100.5M are known as precursors of the first kind (Rikitake,
1982), and include anomalies in tilt, strain and land defor-
mation, and changes in the relative velocities of seismic
P and S waves. A distinguishing feature of the precursory
scale increase is that the magnitude of the largest precur-
sor(s) can be used to predict the time of occurrence, magni-
tude, and source area of the major earthquake.

Models of earthquakes as a critical phenomenon have
been invoked to suggest that an accelerating moment
release (AMR) should occur in an area much larger than
the earthquake source in the approach of criticality, i.e.,
an accelerating occurrence of minor earthquakes leading
up to a major earthquake. Another much-studied phenom-
enon is precursory seismic quiescence (PSQ) – a proposed
reduction in the rate of occurrence of minor earthquakes
shortly before a major event. There is apparent empirical
support for both AMR and PSQ, but its statistical signifi-
cance has been questioned. A problem in resolving such
matters is that these phenomena, like many other proposed
precursors, have only been defined anecdotally and never
identified with an explicit stochastic model of earthquake
occurrence.
Stochastic models of earthquake occurrence
Early examples of stochastic modeling of earthquake
sequences were given by Vere-Jones (1970). Modeling
of earthquake occurrence has benefited from the develop-
ment of the theory of stochastic point processes (Daley
and Vere-Jones, 2003).

The idea of successive episodes of stress accumulation
and release, as suggested by the elastic rebound theory of
Henry Fielding Reid in 1910, is the basis for most model-
ing of recurrence of major earthquakes on a fault or fault
segment. The time sequence of earthquakes is often
modeled as a renewal process, assuming a characteristic
magnitude for events on the fault. The recurrence-time
distribution is variously taken as exponential (for constant
hazard), Weibull, lognormal, or Brownian passage-time.
The latter three distributions all imply some degree of reg-
ularity in the time intervals between earthquakes, and
physical arguments have been advanced in support of
each. The limited data so far available on earthquake
recurrence on fault segments do not support a clear prefer-
ence for a particular distribution or afford a real opportu-
nity to test how informative renewal models are in this
context. It is important to account for data and parameter
uncertainties when applying such models to the estimation
of earthquake hazard.
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The renewal process model does not allow for interac-
tions between neighboring faults or for variation in the
size of successive events. Models involving time andmag-
nitude include the time-predictable and slip-predictable
models, in which either the time to the next earthquake
depends on the magnitude of the last earthquake or the
magnitude of the next earthquake depends on the elapsed
time. These models are sometimes applied to the earth-
quakes in a region. In a stress-release model of Zheng
and Vere-Jones (1994), also applicable to the earthquakes
in a region, the hazard rate steadily increases over time,
but drops upon the occurrence of an earthquake by an
amount that depends on its magnitude. A coupled version
of this model, allowing for stress transfer between discrete
regions, has also been developed. Further tests are needed
of how well these models perform.

The epidemic-type aftershock (ETAS) model of Ogata
(1989) is a nonstationary Poisson process model devel-
oped originally as a model of temporal clustering of earth-
quakes in a discrete region. In this model, each earthquake
has its own aftershock sequence, which decays over time
according to the Omori-Utsu law. The number of after-
shocks is governed by a magnitude-dependent productiv-
ity function. Some earthquakes occur independently
according to a stationary Poisson process, and the magni-
tudes of all earthquakes follow the Gutenberg–Richter
relation. The ETAS model fits earthquake data much bet-
ter than a stationary Poisson process, and better than
a model in which only the larger events have aftershocks.
It is a type of branching process model. A double
branching process model has been found to better describe
the time-variation of earthquake occurrence (Marzocchi
and Lombardi, 2008).

Stochastic models involving location, as well as time
and magnitude, allow for a more realistic representation
of the earthquake process, including clustering and long-
range interactions between earthquakes.

The ETAS model was extended to include the spatial
variable (Ogata, 1998) by introducing a distribution for
aftershock location, usually a power law of distance similar
to that described above. In this form, it can be used to
describe the space-time clustering of earthquakes and also
as a diagnostic tool for physical changes affecting the earth-
quake process. As a short-term forecasting model, this
model performs far better than smoothed seismicitymodels,
which capture the space andmagnitude distributions of past
earthquakes but are time-invariant. It is successful at fore-
casting aftershocks, as well as the minor proportion of
major earthquakes which are preceded by a foreshock
sequence. For a given location, the rate density of earth-
quake occurrence in this model can fluctuate in a short time
over several orders of magnitude. Changes in the parame-
ters of the spatial ETAS model have been used as indirect
indicators of stress-changes in regions of the crust.

The Every Earthquake a Precursor According to Scale
(EEPAS) model (Rhoades and Evison, 2004) is a space-
time-magnitude model designed for longer-term
forecasting of the major earthquakes. In this model, every
earthquake contributes to the future distribution of hazard
in time, magnitude, and location on a scale determined by
its magnitude, through the predictive scaling relations
associated with the precursory scale increase phenome-
non. Under this model, the rate density can fluctuate
slowly in time over about 1.5 orders of magnitude. The
EEPAS model outperforms smoothed seismicity models
in well-catalogued inter-plate regions such as California,
Japan, and New Zealand.

Testing of forecasting methods
Time-varying models of earthquake occurrence have not
yet been widely adopted for practical purposes. The sta-
tionary Poisson model with characteristic earthquake
magnitudes on faults and spatially distributed background
seismicity conforming to the Gutenberg–Richter magni-
tude relation are the basis for most seismic hazard models
in practical use. But an international effort by the
Collaboratory for the Study of Earthquake Predictability
(CSEP) to provide transparent, verifiable prospective tests
of time-varying earthquake occurrence models is in pro-
gress. Regional earthquake forecast testing centers have
been established in California, New Zealand, Europe and
Japan, and others are planned. To be testable, a model
must provide estimates of the expected number of earth-
quakes for future time windows within grid cells finely
delimited by location and magnitude. Several different
time steps are used; for example, 24 h, 3 months, and
5 years. An overview of models submitted for testing in
California was given by Field (2007) and first results were
presented by Schorlemmer et al. (2010).

The performance of a probabilistic model of earthquake
occurrence on a target set of earthquakes in a catalogue
independent of the one to which it was fitted, is conve-
niently measured by the increase in the log likelihood of
the earthquake catalogue under the model compared with
that under a reference model, such as a stationary Poisson
model with spatial smoothing of the locations of past
earthquakes.

The CSEP testing centers use additional likelihood-
based tests, which aim to identify significant differences
between the total number of earthquakes expected and
the number observed, and the distributions in time, magni-
tude, and location of cell expectations and those of the
targeted earthquakes (Schorlemmer et al., 2007).

Some earthquake forecasting methods, such as the M8
algorithm, are alarm-based rather than probabilistic. For
alarm-based methods, the error diagram (Molchan,
1990), in which the proportion of time or space-time for
which a certain level of alarm is exceeded is plotted
against the proportion of unpredicted earthquakes, is
a useful assessment tool.

Analysis of synthetic earthquake catalogues
Physics-based numerical models of earthquake occur-
rence (Ben Zion, 2008) can be used to generate synthetic
earthquake catalogues incorporating accepted physical



SUBDUCTION ZONES 1395
elements such as stress transfer between faults by means
of elastic, viscoelastic, and other interactions; frictional
or other material instabilities acting on fault surfaces;
increasing stress accumulation due to tectonic forces;
and the detailed geometry of the fault surfaces. For syn-
thetic catalogues, important physical variables, which can-
not be measured in the real earth, such as the distribution
of stress, can be tracked in detail. Statistical analysis of
synthetic earthquake catalogues can reveal under what
physical conditions a particular statistical model is likely
to be appropriate and contribute to physical understanding
of empirical relations derived from earthquake catalogues.

Conclusion
Statistical seismology is concerned with modeling the
empirical observations of earthquake occurrence and test-
ing models against observations while trying to throw
light on the physics of earthquake generation. A rapid
improvement in seismological databases has been
a stimulus to recent developments in the field, and this
state of affairs is likely to continue. Improved earthquake
catalogues and other systematically collected data, such
as earth deformation data derived from Global Positioning
System (GPS) networks offer opportunities for enhanced
physical understanding of the earthquake process and
more informative stochastic models. At the same time,
increased computing power allows for increased detail
and complexity in physics-based modeling. The major
challenge statistical seismology faces is to use the new
data, together with physical insights from empirical stud-
ies and detailed physical modeling, to develop ever more
informative stochastic models of earthquake occurrence
that can be applied to mitigating earthquake hazard.
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Definition
Subduction zones are convergent plate boundaries involv-
ing at least one oceanic plate. The oceanic plate descends
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beneath the other into the deep mantle, forming a deep-sea
trench, often a volcanic arc subparallel to it, an inclined
Wadati–Benioff seismic zone, and other subparallel
deforming belts.
Introduction
Subduction zones are a fundamental manifestation of
planetary convection at the Earth’s surface, and can be
viewed as regulating two critical systems:

1. They control the primary material flux from the surface
to the Earth’s interior. Material at the seafloor subducts
to depth, some of which emerges in volcanic arcs.
These processes control the long-term budgets of vola-
tiles (H2O, CO2, etc.), and the major accretion of mate-
rial to continental crust.

2. Forces at subduction zones result in much of the
planet’s deformation, including the generation of the
largest earthquakes and explosive volcanic eruptions
over time scales of seconds, to the formation of the
deepest seafloor and the growth of continents over mil-
lions of years. The negative buoyancy of subducting
lithosphere probably represents the largest driver of
global plate motions.

All of these processes ultimately result from the Earth
releasing heat, and the deformation and thermal structure
that results. At the largest scale, subduction regulates the
mixing of material throughout the mantle of the lifetime
of the planet, and the onset and termination of subduction
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Subduction Zones, Figure 1 The global distribution of subduction
represent profound geologic events. This article follows
subduction zones from trench to depth, emphasizing the
two themes of material flux and of large-scale deforma-
tion. It focuses on active systems from outer rise to sub-arc
depths.
Morphology and nomenclature
The global subduction oceanic system is over 40,000 km
long (Stern, 2002), largely but not entirely subducting oce-
anic plates of the Pacific basin (Figure 1). For the most
part, any part of this subduction zone exhibits a common
morphology (Figure 2): a downgoing, oceanic plate flexes
into a deep-sea trench, beneath a submarine forearc that
sometimes includes an accretionary prism. As the plate
interface reaches 10–50 km depth, plate motion is accom-
modated on a shallow-dipping thrust zone, which in many
places can generate great earthquakes. Landward of the
thrust zone lies a volcanic arc, typically with a sharp front
that overlies the region where the Wadati–Benioff zone
seismicity reaches 75–180 km depth, with occasional vol-
canism further in the back-arc. The upper plate beneath
and behind the arc varies between those that generate
oceanic back-arc basins, exemplified by the Mariana-
Izu-Bonin and Tonga systems, and those that undergo
long-term convergence and compression, exemplified by
the Andes, with a spectrum of behaviors in between
(e.g., Lallemand et al., 2005). This characteristic morphol-
ogy is a consequence of a regular, repeatable balance
between forces that drive plate motions, buoyancy of
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oceanic lithosphere, metamorphic devolatilization, and its
rheological/magmatic consequences.

Outer rise, trench, and forearc
The shallow part of subduction systems, where tempera-
tures are relatively cold, are controlled by the mechanics
of elastic and brittle deformation. The trench occurs
because the downgoing plate is flexed downward, and
the shape of the plate seaward of the trench resembles
closely that expected for flexure of a thin elastic surface
(e.g., Watts and Talwani, 1974). The physics of elastic
flexure also explains the outer rise – a region of slightly
(100–500 m) elevated seafloor that lies seaward of the
trench, typically 50–300 km distant (Parsons and Molnar,
1976). Strong bending leads to faulting in the outer rise,
typically manifest as a series of normal faults with
<1,000 m offset, seen on the seafloor and generating
earthquakes (Chapple and Forsyth, 1979). These normal
faults are found seaward of many if not most trenches,
and are the most seaward indication of deformation within
the subduction zone. They may play an important role in
the material cycle as well, since the basins formed by them
serve as traps for sediment that can be subducted to great
depths (Hilde, 1983), and the faults themselves may act
as conduits for water to reach into the mantle of the
subducting plate, altering the mineralogy (e.g., Ranero
et al., 2003). Such alteration of seafloor in the open ocean
plays an important role in preconditioning the downgoing
plate prior to subduction: the later metamorphic devolati-
lization of hydrous sediments and altered oceanic litho-
sphere releases fluids that lubricate the plate boundary,
weaken the overlying material, and ultimately drive arc
volcanism.
The sediment supply to the downgoing plate varies
enormously between trenches near major continental river
systems and those remote from such sources, leading to
several variations in subduction zone behavior and charac-
teristics. In the most extreme cases sediment supply over-
whelms the rate at which material is subducted and
accreted, so the bathymetric trench becomes a sediment-
filled basin. Examples include the Lesser Antilles,
Makran, and Cascadia subduction zones. A first-order dis-
tinction exists between subduction zones considered
“accretionary,” where a substantial amount of sediment
has been offscraped to form an active accretionary prism,
and “non-accretionary” subduction zones where all sedi-
ment is being subducted bypassing the forearc, and gener-
ally sediment supply is low (von Huene and Scholl, 1991).
The accretionary prisms typically deform internally to
form a critical-taper wedge, a geometry in which gravita-
tional stresses created by the bathymetric slope are bal-
anced by internal friction, similar to wedges in front of
bulldozers or snowplows (Davis et al., 1983). Accreted
material includes deep-sea sediment, but also fragments
of bathymetric features such as seamounts on the incom-
ing plate; subduction of relatively rigid seamounts can
have a profound effect on the local morphology of the
forearc, and may contribute to heterogeneity along the
thrust zone at greater depth.

Thrust zone
As of mid-2010, the nine largest recorded earthquakes,
and 22 of the largest 25, occurred on subduction thrust
zones or “megathrusts,” including all earthquakes with
magnitudes of 9.0 and larger (U.S. Geol. Surv. Web site,
http://earthquake.usgs.gov/). These great earthquakes also
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generate most of the largest tsunamis, because they can
displace large portions of the seafloor (see chapter on
Tsunami). Great earthquakes occur here because the
plate-boundary fault system can sustain large rupture
areas, and earthquake size scales with rupture area. There
are two reasons for the large rupture areas. First, at sub-
duction zones cold material advects downward quickly
compared with rates of heat conduction, as discussed
below, so temperatures along the fault zone can remain
below that of the brittle-ductile transition (or downdip
limit of unstable sliding; Scholz, 1998) to greater depths
than other environments, typically 30–50 km (Tichelaar
and Ruff, 1993). Second, subduction zone thrusts dip at
5–25�, compared with steeper dips for faults in many
other tectonic settings, so a greater fault area exists above
the brittle-ductile transition. Both of these reasons allow
for faults that can exceed 100 km in the downdip direction
(e.g., for the Gulf of Alaska megathrust). Along strike,
individual ruptures can extend for more than 1,000 km
in some cases, most notably Chile (1960; Mw = 9.5) and
Sumatra (2004; Mw = 9.2). Magnitudes here (Mw) are
moment magnitudes (see chapter on Earthquake,
Magnitude).

The fault area, and hence the ultimate size of earth-
quakes, is controlled by updip and downdip changes in
material properties. At its updip end, the thrust zone
undergoes a transition from aseismic slip on
a decollement (subhorizontal plate-boundary fault) to
stick–slip behavior or earthquake rupture, at depths of
a few kilometers. At these depths the plate interface likely
lies at temperatures of 75–150�C. The causes of this tran-
sition likely have to do with compaction, lithification, and
low-temperature mineral phase transitions that change the
frictional properties of this fault surface (Saffer and
Marone, 2003). Similarly, the downdip limit can be in
many places approximated by a threshold temperature,
in this case near 350–500�C, with notable exceptions
(e.g., Hyndman et al., 1997). Both transitions must be
a consequence of change in frictional properties at this
depth, with aseismic creep taking place at greater depths
(e.g., Scholz, 1998). In between, the megathrust fault zone
shows a variety of slip behaviors from purely creeping or
“decoupled” to fully seismic or “coupled.” In this usage,
“coupling” refers to the ratio of fault slip inferred from
summing the seismic moment of earthquakes over some
time interval, to the total plate motion expected across that
boundary over the same time interval. Coupled or
“locked” thrust zones can be identified with geodesy,
which shows the elastic strain accumulation building up
between large earthquakes.

Recent discoveries of slow, silent creep events indicate
that the downdip transition (and perhaps the updip one)
may be much more complicated (e.g., Rogers and Dragert,
2003; Ito et al., 2007; Obara, 2002). Continuous geodetic
observations have shown that patches of the thrust zone
can slip over periods of days to months, in some cases
accounting for a large fraction of the plate motion within
the patch that slips (usually, adjacent to the locked zone).
In some cases these events repeat quasi-periodically at
time scales of months to years, although periodicity is
not yet established for many regions of slow slip
(Schwartz and Rokosky, 2007). Often, the slow slip is
accompanied by a variety of exotic seismic phenomena,
including nonvolcanic tremor, low-frequency earth-
quakes, very-low-frequency earthquakes, and creep (Ide
et al., 2007). In most cases, the tremor seems to come from
the plate boundary or just above it and shows motion con-
sistent with thrusting on the plate boundary; these obser-
vations are subject of much current research (Gomberg,
2010). The physics of these quasi-periodic slip transients
remain poorly understood; excess fluid pressure is
suspected to play a role.
Kinematics
Subduction zones can be divided between those with little
upper-plate deformation, with upper-plate compression,
and exhibiting back-arc opening. The highest subduction
rates, and indeed the highest relative plate motion rates
anywhere, reach 240 mm/year at the northern end of the
Tonga subduction system (Bevis et al., 1995). Major-plate
motion between Australia and the Pacific Plate is only
�80 mm/year, the remainder being accommodated by
spreading in the Lau back-arc system. Subduction can in
principle be arbitrarily slow, although the lowest rates
associated with an active arc probably occur in the Lesser
Antilles (20–25 mm/year convergence; DeMets, 2001).
A wide range of convergence rates lie in between these
end-members with a sharp global peak near 70 mm/year
such that half of all subduction zones have arc-normal
convergence rates of 53–76 mm/year (Figure 3).

While spreading at mid-ocean ridges is orthogonal to
their axes, at subduction zones convergence commonly
trends obliquely to trench or arc (e.g., McCaffrey, 1992;
Fitch, 1972). The obliquity,f, is the angle between the nor-
mal to trench axis and the plate convergence direction. At
low obliquities, convergence occurs in the direction of plate
motion but commonly at higher obliquities strain is
partitioned between a trench-normal component,
represented by thrust faulting on the megathrust, and an
along-strike component taken up by internal deformation.
The along-strike component may be taken up within the
forearc, as arc-parallel strike-slip systems, as sequences of
strike-slip faults oblique to the trench axis, or by other
means. At many subduction zones the obliquity changes
along strike as both plate orientation and location relative
to Euler pole change; for example, convergence is trench-
normal (f � 0) in the Alaska Peninsula segment of the
Aleutian subduction zone, f � 45� from the trench in the
central Aleutians, and plate motion is essentially parallel
to the trench (f� 90�) in the farwesternAleutians (DeMets
et al., 1990). The latter case implies that material no longer
descends into the mantle in the far western Aleutians, but
translates along strike. A primary consequence of obliquity
is that the trench-normal component of convergence can be
significantly less than plate motion rates.
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The kinematics of plates at asthenospheric depthsmay be
more complex. While it is convenient to draw flow lines of
subducting plates parallel to their dips, assuming steady-
state slab geometry, it is not obvious that is the case. In
many geodynamic models (e.g., Billen, 2008) slabs sink
vertically faster than they would if they followed their tra-
jectories, in other words, slabs roll back. Such rollback is
probably required to accommodate back-arc opening in
many places, although few if any constraints exist on these
kinematics. Flow kinematics are complicated by inferences
of large along-strike flow inferred from seismic anisotropy
(e.g., Russo and Silver, 1994;Hoernle et al., 2008; see chap-
ter on Seismic Anisotropy), not easily explained by simple
models of wedge flow.
Thermal structure, plate buoyancy, mantle flow
At subduction zones, cold oceanic lithosphere advects
downward relatively quickly compared with the rate of
heat conduction, leading to some of the largest lateral tem-
perature gradients in the planet. Old, fast-subducting slabs
can retain temperatures <600�C in their cores to depths
exceeding 100 km, where ambient mantle temperatures
are otherwise�1,400�C (e.g., Syracuse et al., 2010; Wada
and Wang, 2009). The low temperatures lead to relatively
large density differences, giving oceanic lithosphere sig-
nificant negative buoyancy and probably supplying one
of the major forces that drive plate motions (e.g., Forsyth
and Uyeda, 1975). Because temperatures are low, mineral
phases that hold significant H2O are stable to much greater
depths than elsewhere, making subduction zones major
conveyors of volatiles to the deep earth. Still, volcanism
occurs in nearly all oceanic subduction zones, indicating
that parts of the system remain warm enough to produce
melting. As a slab descends, it induces corner flow in the
overlyingmantle wedge, which draws warmmaterial from
the distal back-arc toward the slab corner (Figure 4). This
advection of warm material ultimately heats the top of the
slab, leading to very strong temperature gradients near the
slab surface, and driving critical material-transport pro-
cesses there.

Where the slab surface lies at depths less than 50 km,
plate-boundary motion is mostly localized along
the megathrust that defines the plate boundary, so the



200100
0

400300 500 700600 800
Temperature (�C)

1

2

3

4

5

P
re

ss
ur

e 
(G

P
a)

6

Greenschist

PA

Zeolite

Amphibolite

Garnet
amphibolite

Zoisite
amphibole

eclogite

Lawsonite
amphibole

eclogite

Amphibole
eclogite

Zoisite
eclogite

Coesite eclogite

Diamond eclogite

Jadeite
lawsonite
blueschist

Lawsonite
blueschist

eB

eA

Prehnite
pumpellyite

jeB

H2O (wt%)

0

15

Hot slab (C
ascadia)

Cold slab (Japan) Eclogite

Subduction Zones, Figure 4 Pressure-temperature trajectories for the top of slabs in hot (Cascadia) and cold (Japan) subduction
zones, and metamorphic facies predicted for hydrated metabasalts, color coded by H2O content. (Facies from Hacker et al. 2003;
trajectories from Syracuse et al., 2010.)

1400 SUBDUCTION ZONES
upper-plate deformation accommodates little of the plate
motion (at least the downdip component; oblique slip par-
titions strike-parallel motion into the upper plate). As
a consequence, heat transport in this region can be approx-
imated as the balance between conduction through an
overlying, stationary upper plate, and downward advec-
tion of cold material along the thrust zone (Molnar and
England, 1990). Shear heating along the thrust zone may
elevate temperatures but its effect seems to be minor in
the few places where abundant heat-flow measurements
have been made (Cascadia, Japan, Tonga), equivalent to
that generated by a fault with shear stress of a few tens
of MPa at most (Hyndman and Wang, 1995; von Herzen
et al., 2001). Thus, interplate thrust faults are relatively
weak, perhaps due to high fluid pressures. One conse-
quence is that metamorphism of subducted material fol-
lows a low-temperature high-pressure trajectory through
this region, to blueschist facies (Figure 4).

At greater depth, the overlying material flows and trans-
ports heat from the back-arc mantle into the wedge. As this
hot material is entrained downward by viscous drag, it
rapidly heats the top of the downgoing plate, resulting in
dehydration of the top of the downgoing plate. Such heating
must happen under or trenchward of the volcanic arc, since
many arcs erupt basaltic lavas with chemistry that requires
temperatures in excess of 1,200�C beneath the arc
(Kelemen et al., 2003a). The temperatures predicted for
the top of the slab depend upon the assumed rheology of
the mantle wedge, but for power-law flows typical of
olivine dislocation creep, a narrow (<25–50 kmwide) ther-
mal boundary layer should rapidly develop at the top
of the slab, leading to slab-surface temperatures of
700–1,000�C directly beneath the volcanic front
(Kelemen et al., 2003a; van Keken et al., 2002; Syracuse
et al., 2010). This heating appears to be sufficient to
drive off most mineral-bound volatiles in the altered oce-
anic crust and sediment. More complicated modeling that
allows secondary flow of buoyant slab-surface material
into the wedge (e.g., Gerya and Yuen, 2003) might lead
to lower temperatures, if such flows are sustainable.

Heat supplied by the mantle wedge continues to con-
duct into the slab, gradually warming its interior. Simple



SUBDUCTION ZONES 1401
thermal models (e.g., McKenzie, 1969; Molnar et al.,
1979) predict that the maximum depth of isotherms should
scale with F = AVsind, where A is the age of the incoming
lithosphere, V is its downdip velocity, and d is the slab dip.
The quantityF, sometimes called the “thermal parameter”
(e.g., Kirby et al., 1996), describes in a simple way the
overall thermal structure of slabs at great depth, and corre-
lates well with the maximum depth of earthquakes over
some depth ranges (Gorbatov and Kostoglodov, 1997),
indicating a thermal control for the processes that cause
deep earthquakes. Ultimately, the negative buoyancy of
cold slabs and their ability to descend into the lower man-
tle must depend upon F as well. The negative thermal
buoyancy of the slab counterbalances the positive buoy-
ancy of subducting crust, since gabbro is much less dense
than peridotite, such that the net buoyancy is a function of
plate age and thickness of subducting crust (Cloos, 1993).
For normal (5–8 km) thickness of oceanic crust, litho-
sphere attains negative buoyancy if more than 10–30 Ma
old, while crust thicker than 15–25 km will always resist
subduction for any observed age of oceanic crust.

The transition from localized slip along a plate boundary
to distributed flow appears to correspond to where the slab
reaches 70–90 km depth in many settings (Wada and
Wang, 2009; Abers et al., 2006; Syracuse et al., 2010).
Evidence for this transition comes from heat-flow obser-
vations at a small number of arcs (northern Japan and
Cascadia), which show a step from very low forearc heat
flow to relatively high sub-arc and back-arc heat flow, at
this point. Also, seismic attenuation shows a sharp step
at this depth, in a manner consistent with a cold “nose”
of mantle material overlying the shallower portion of the
slab, transitioning rapidly to hot mantle beneath the arc.
The cause of this transition likely has to do with the max-
imum depth at which plate motion can be accommodated
by a localized shear zone, and hence rheology of that shear
zone; the location of arcs relative to the slab indicates
a transition at temperatures about 550�C (Conder, 2005;
Syracuse et al., 2010).

Fate of the downgoing plate: devolatilization and
metamorphism
The subducting oceanic lithosphere can be divided into
several layers (Figure 2, inset):

(a) Deep-sea sediment, of widely variable thickness and
composition,

(b) Variably altered oceanic crust (AOC) – largely the
upper, basaltic part where hydrothermal circulation
has the largest effect,

(c) Less altered gabbroic lower crust, and
(d) Subducting mantle lithosphere some of which may be

hydrated to varying degrees.

Although some of this package will be scraped off in accre-
tionary margins, much probably survives to subduct to sub-
arc depths. Arc geochemistry includes signatures of
subducted sediment, with lava chemistry that varies sys-
tematically in some elements in ways that correlate with
variations in sediment chemistry (Plank and Langmuir,
1998). This observation requires that most of the sediment,
especially that deposited away from the trench, subduct to
sub-arc depths. For example, lavas at several arcs include
trace amounts of 10Be, a radionuclide with �1.6 Ma half-
life formed in the atmosphere and deposited with the
shallowest sediment (Tera et al., 1986), indicating that
the shallowest deep-marine sediment subducts intact
and the material reaches the earth’s surface within a few
Ma (a couple of half-lives). Finally, seismological evidence
also supports the deep subduction of oceanic crust rela-
tively intact, to generate images seen in receiver functions
(e.g., Rondenay et al., 2008; Kawakatsu and Watada,
2007), high-frequency guided waves (Abers, 2000), and
other mode conversions (e.g., Helffrich, 1996).

In its entirety, this package subducts on the order
2 � 109 Tg/Ma of water at the trench (Hacker, 2008),
about half of which enters as pore water that is expelled
by shallow compaction, and the remainder bound in min-
erals. Numerous drilling and sampling studies constrain
well the H2O content (and CO2) of the subducting sedi-
ment and AOC, but lower sections are relatively less well
known. Perhaps the largest uncertainty in these estimates
lies in the water content of subducted mantle lithosphere,
a potentially vast reservoir. Peridotite will hydrate to
serpentinite and serpentine can hold �14 wt% H2O, giv-
ing this very thick layer potential to dominate the global
water budget. However, it is not yet known how much
H2O reaches mantle depths; probably mantle hydration
at mid-ocean ridges is minor because near-ridge mantle
temperatures there should exceed that of serpentine stabil-
ity (�600�C) but later faulting such as at fracture zones
and the outer rise (see Thermal Structure, Plate Buoyancy,
Mantle Flow) could be major conduits. Less is known
about concentrations of CO2 and other volatiles degassed
by metamorphism. Depending upon serpentinite contribu-
tions, the volatile outputs of volcanic arcs either roughly
match the inputs, implying near-complete volatile
recycling, or are significantly less, implying a long-term
flux of H2O from the surface ocean to deep mantle.

Anhydrous oceanic crust can be expected to undergo
a series of phase transitions from gabbro to eclogite. These
result in a major density increase; gabbro has a density
�10% lower than that of peridotite at similar temperatures
and pressures, so unmetamorphosed oceanic crust has
buoyancy that resists subduction, while eclogite (dominated
by garnet and pyroxenes) is significantly denser than peri-
dotite. The density increase, in transforming from gabbro
to eclogite, may contribute significantly to the negative
buoyancy of slabs that drives plate tectonics. However,
reaction rates for garnet growth (amajor step in eclogite for-
mation) within coarse-grained, anhydrous gabbro may be
relatively slow, such that gabbro may persist metastably to
considerable depth within subduction zones (Ahrens and
Schubert, 1975). The presence ofwater should substantially
enhance that reaction rate (e.g., Hacker, 1996).

If hydrated, basalt/gabbro (and metasediment) are
expected to undergo a lengthy sequence of metamorphic
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reactions that, generally, release H2O (Figure 4). As a con-
sequence, H2O should be released over a wide range of
depths from the thrust zone to sub-arc mantle, hydrating
the overlying mantle wedge (Schmidt and Poli, 1998;
Hacker, 2008). At typical to cold subduction conditions,
oceanic crust can be expected to transition through
greenschist and blueschist facies, capable of holding up
to �5 wt% H2O, with major dehydration occurring in
the transformation to eclogite during high-pressure
heating (Hacker et al., 2003). In warmer subduction zones,
defined as those with fairly young incoming plates and
slow subduction rates (e.g., Cascadia, southern Japan),
descending crust should follow a higher-temperature path
perhaps through amphibolite facies, dehydrating as
amphibole breaks down at �2 GPa. Most thermal models
with realistic mantle-wedge viscosity structure predict that
subducting crust should dehydrate by depths of
100–200 km (e.g., Syracuse et al., 2010), at least in its
shallow parts.

The mantle within the subducting plate potentially
holds hydrous minerals as well, primarily serpentine but
also chlorite, as might entrained material lying above the
downgoing plate. These layers should also dehydrate, at
temperatures of 600–700�C for serpentines at <200 km
depth (e.g., Schmidt and Poli, 1998) with chlorite break-
ing down at temperatures about 200� higher. Serpentine
dehydration temperatures are probably reached in all sub-
duction zones on the slab surface and, hence, above it,
although it is possible that a weakly hydrated zone of chlo-
rite stability may persist past slab depths (e.g., Grove et al.,
2009). Subducting mantle lithosphere in most subduction
zones should be cold enough for serpentine to be stable
past the arc (Syracuse et al., 2010), and may dehydrate
gradually past that. Water persisting to depths past
200 km has the potential to remain within the mantle to
considerable depth, in the “alphabet” phases of dense
hydrous magnesium silicates, which have broad stability
fields at near-slab conditions (Thompson, 1992). Water
reaching the transition zone (410–660 km depth) may
remain for a long time, as the dominant minerals
ringwoodite and wadsleyite can retain wt% water as
defects in their nominally anhydrous structure (Kohlstedt
et al., 1996). This reservoir has potential to hold several
times more water than the current surface ocean; thus,
the ability of serpentinized mantle lithosphere to transport
H2O to great depths may be a dominant control on the
Earth’s long-term water budget.

As water is released, it ascends into the overlying man-
tle wedge, crust, back along the thrust zone, and through
the forearc (Peacock, 1990), potentially hydrating it
(Hyndman and Peacock, 2003). These pathways provide
major controls on rheological properties in all these regions
and on the behavior and composition of arc volcanoes.
Also, it is often suggested that the dehydration process gen-
erates earthquakes at intermediate depths (70–150 km) in
subduction zones (Green and Houston, 1995; Kirby et al.,
1996; Hacker et al., 2003). These processes are discussed
extensively in the chapter on seismicity-subduction zones.
Subduction channel
In many collisional mountain belts and accreted terranes,
high-pressure, low-temperature rocks have reached the
Earth’s surface after having descended to great depths.
In some “ultra-high pressure” (UHP) terranes, mineral
assemblages or textures in these rocks record pressures
in excess of 3–4 GPa (depths > 100 km), indicating that
these rocks descended deeply in subduction zones before
returning to the surface. In part to explain these observa-
tions, a “subduction channel” has been often proposed
(Cloos and Shreve, 1988). The subduction of weak,
hydrated metasediments and altered oceanic crust, and
their subsequent shearing and interaction with metamor-
phic fluids, suggests the presence of a heterogeneous weak
zone at the top of the downgoing plate. Initially, material
in this channel will be dragged downward by coupling
with the subducting plate, but it should be buoyant relative
to overlying mantle, and in the right conditions a return
flow could develop delivering high-grade metamorphic
rocks to the surface. Aweak zone is also indicated by the
presence of a “cold nose” in many subduction zones in
the forearc mantle wedge, a feature that probably requires
a weak decoupling layer to depths of 70–90 km on the top
of the downgoing plate (e.g., Wada and Wang, 2009). The
presence of UHP rocks at the earth’s surface indicates that
the return-flow process or something similar probably
happens in some instances, but it remains unclear if the
subduction channel is a common feature of subduction
zones.
Melting and the volcanic arc
Reviews elsewhere describe the geochemical evidence for
the nature of melting beneath volcanic arcs and the gener-
ation of arc crust (e.g., Stern, 2002; Kelemen et al.,
2003b), which briefly summarized here for their relevance
to geophysical observations. Magmas emplaced and
erupted at subduction zones span a wide range of compo-
sitions. Basalts are found at most subduction zones and
indicate that primary melting occurs within the mantle
beneath the volcanic arc, since basalts primarily form from
melting of peridotites (e.g., Gill, 1981). These basalts
often differ from those found at mid-ocean ridges or hot
spots in several important chemical trends; in particular,
many elements that are strongly abundant in subducting
sediment and altered crust are found in abundance in many
volcanic arc rocks in a manner that correlates with sedi-
ment chemistry (Plank and Langmuir, 1998). In some arcs
there is strong evidence for andesites forming under high
pressure, perhaps requiring melting of downgoing crust
(e.g., Kelemen et al., 2003b).

Magmatic differentiation within the crust and mixing
with preexisting arc basement result in a wide spectrum of
volcanic output. Typically, seismic velocities within arcs
show an increase with depth consistent with more silicic,
felsic rocks at shallow depths (Vp = 6.0–6.4 km/s) under-
lain by more gabbroic rocks in the middle-to-lower crust
(Vp = 7.0–7.4 km/s) (e.g., Suyehiro et al., 1996;
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Shillington et al., 2004). Since they are petrologically frac-
tionated frommore basaltic parents, the andesitic or granitic
rocks observed at mid-to-upper crustal levels should be bal-
anced by more mafic silica-poor residuals, perhaps in the
lower crust. However, such lower-crustal cumulates are
not very abundant, as interpreted from seismic velocities,
exposed arc sections, and within continents formed by arc
accretion. In general, there is good reason to think that con-
tinents grew from accretion of arcs since they share many
geochemical characteristics (Rudnick, 1995), but overall
continents are significantly more silicic than primary arc
basalts. This discrepancy probably requires a significant
mass loss in the complementary, mafic cumulates that
should form in arc lower crust. Where and how this mass
loss occurs remains unclear; it may be that the lower crust
in arcs occasionally founders or delaminates back into the
mantle, since its density may be higher than that of perido-
tite, but many other possibilities exist. Geophysical obser-
vations of the lower crust and upper mantle have potential
to place constraints on the formation and evolution of arc
crust, and hence the origins of continental material (e.g.,
Kodaira et al., 2007; Tatsumi et al., 2008).

Primary magmas emerging from the mantle contain
several wt% H2O and elevated CO2, several times higher
than in mid-ocean ridge basalts (e.g., Hirschmann,
2006). Mantle melting beneath arcs often occurs in the
presence of H2O (Grove et al., 2006), leading to the fre-
quent speculation that dehydration reactions within the
subducting slab trigger melting in the overlying mantle
wedge, and hence the location of dehydration within the
slab controls the location of arc volcanism (e.g., Tatsumi,
1986). However, experiments on hydrous metabasalts
show that dehydration occurs over a wide range of depths
beginning much shallower than the sub-arc mantle wedge
(e.g., Schmidt and Poli, 1998), so that H2O should flux the
mantle at many depths, not just under the volcanic arc.
Also, primary, dry basalts have been found in some arcs,
so H2O is not always required for melting. It may be that
the return flow (the incoming limb of wedge corner flow)
sufficiently decompresses hot asthenosphere to trigger
melting. The relative importance of wet (flux) melting
and dry (decompression) melting within arcs remains
poorly understood, as do the pathways that magmas take
from their locus of formation to volcanic arcs. In particu-
lar, it is not obvious why the arc front is a narrow, well-
defined feature while the conditions for melting should
be more widely spread. The depth to slabs beneath the
arc front averages 110 km but varies coherently by a factor
of 2 from arc to arc, suggesting some other controlling
process probably related to thermal structure (England
et al., 2004; Syracuse and Abers, 2006).
Seismic imaging of the subduction zone
Although subduction zones exhibit a characteristic surface
morphology of trench, forearc, volcanic arc, etc., the evi-
dence that these associations represent subduction of deep
material comes primarily from geophysical imaging of
deep structure. Early observations of seismic wave propa-
gation in Tonga showed that the Wadati–Benioff zone lies
in a cold, low-attenuation structure unlike mantle else-
where on the planet, and provided some of the first evi-
dence that these were sites of descending cold
lithosphere (Oliver and Isacks, 1967). Since then, methods
of seismic tomography have improved greatly (see
Seismic Tomography) as has the global data set of earth-
quake travel times, leading to a clear picture of P-wave
high-velocity anomalies that show cold slabs descending
through the upper mantle and in some cases into the lower
mantle (e.g., van der Hilst et al., 1997). These data show
slabs as seismic anomalies 4–10% faster than surrounding
mantle (see compilation by Lay, 1997), consistent with
thermal models that predict temperatures 400–800�C
colder than surroundings. These images, based on global
earthquake travel time data sets, show that in some cases
slabs reach the mantle transition zone and flatten out, as
if reaching a partial barrier to flow (e.g., Japan) while in
other cases they pass through the transition zone deliver-
ing subducted material to the lower mantle.

Seismic recordings from networks and arrays in sub-
duction zones provide strong constraints on the subduc-
tion zone structure of a scale relevant to slab
metamorphism, arc petrogenesis, and wedge flow. For
example, as dehydration occurs, densities increase as do
seismic velocities; basalts are 10–15% slower than sur-
rounding peridotites while eclogites have similar veloci-
ties. Furthermore, serpentinized peridotite can be tens of
percent slower than peridotite particularly for shear
waves, depending upon the extent of serpentinization
(hydration). As a result, seismic imaging has potential to
show where and how metamorphism within slabs occurs.
For example, with migration of P-to-S scattered waves
(see Seismic, Receiver Function Technique) subducting
crust has been observed to �45 km depth in Cascadia
and depths exceeding 100 km in Alaska and Japan, consis-
tent with expected depths of basalt dehydration and differ-
ences in thermal structure (Rondenay et al., 2008). Studies
of earthquake travel times and signal attenuation also pro-
vide information on structure of the mantle wedge where
melting initiates, and have shown a clear hot mantle
wedge, with a variety of structures suggesting melt trans-
port pathways. Probably the densest long-lived monitor-
ing effort exists in Japan, although a variety of portable
array experiments have illuminated subduction zones in
parts of the Andes, Central America, Tonga, the Marianas,
Alaska, Cascadia, Greece, and other locales.

One of the more complex suites of seismic observations
comes from the anisotropic fabric within the mantle of
subduction zones, which results in “splitting” of shear
waves into orthogonally polarized fast and slow pulses
(see Seismic Anisotropy). Mantle flow in the dislocation
creep regime leads to lattice-preferred orientation of oliv-
ine, and olivine is moderately (�10%) anisotropic, leading
to an association between seismic anisotropy and mantle
flow. However, observations in many subduction zones
lie counter to expectation (e.g., Russo and Silver, 1994).



1404 SUBDUCTION ZONES
Simple models of mantle flow in subduction zones predict
“corner flow,” in which mantle on either side of the
descending plate is entrained via viscous drag (Figure 2).
To fill the potential void left by the downward advection,
mantle far from the subducting slab flows inward toward
it, eventually turning and flowing downward. While
details of this flow depend upon the viscosity structure
and its sensitivity to temperature, stress, water, and other
variables, the overall pattern of flow is one in which the
maximum strain or stretch should be perpendicular to
trench and arc, in the direction of flow. Inmany subduction
zones, anisotropic fabric does not show this pattern, and
instead the fast direction for shear wave propagation is
more often than not parallel to the trench, at least below
and behind the volcanic arc (Fischer et al., 1998). More
complicated fabrics are also observed, with sharp 90�
changes in fabric between sub-arc mantle and the
shallower part of the forearc (e.g., in North Japan and
Alaska), and the pattern varies between different subduc-
tion zones. Explanations for these unexpected patterns
remain a matter of much debate, and include strong
along-strike flow, secondary flows within the wedge,
influence of melt on fabric, activation of unusual olivine
slip systems at some subduction zone conditions, abun-
dance of hydrous, foliated minerals in the forearc, exten-
sive fabric within the downgoing slab, and unexpectedly
strong upper-plate fabrics.
Subduction zone hazards
The forces present in subduction zones also produce some
of the most violent natural hazards known. The interplate
thrust zone generates all of the largest earthquakes, which
produce strong shaking but also submarine landslides,
meter-scale uplift and subsidence, and most of the largest
tsunamis. The 2004 Sumatra earthquake represents
the primary example of the last 50 years; a magnitude
9.2 earthquake ruptured over 1,000 km of plate boundary,
producing an ocean-crossing tsunami that directly
resulted in over 150,000 deaths and huge devastation to
property. These earthquakes are devastating because sub-
duction zone thrust faults are very large, because they
are submarine but can break the sea surface, and because
they occur in places with often oversteepened bathymetry.
Subduction zones are also site to many of the most violent
volcanic eruptions. Large volatile (especially water) con-
tents of subduction zone magmas, compared with most
other settings, lead to magmas rich in gas that exsolve at
shallow depths. Magmatic differentiation leads to rela-
tively viscous, felsic magmas that rise slowly and do not
degas easily. The combination leads to explosive and
sometimes very large eruptions; in the last half century,
Mt St Helens (Cascadia), Pinatubo (Philippines), and
Montserrat (Lesser Antilles) all produced violent and
well-documented eruptions in subduction zones, among
many others. Worldwide, about 500 volcanoes have
known historic eruptions, roughly two-thirds in subduc-
tion zones.
Summary
Subduction zones represent the primary return of material
from the earth’s surface to its interior. In the process of
doing so, great earthquakes occur, violent volcanoes erupt,
and the largest lateral temperature gradients in the Earth’s
interior are generated. At shallow depths, elastic and brit-
tle processes control deformation including most of the
planet’s large earthquakes, while at greater depths the sub-
duction system deforms by large-scale ductile flow. Along
with oceanic crust, sediment and volatiles enter the trench,
lubricating the plate boundary at shallow depths, and then
are metamorphosed where slabs descend below hot man-
tle, releasing H2O and other volatiles into the overlying
mantle wedge. While some of this material may mechani-
cally ascend back to the surface, in the form of high-
pressure metamorphic rocks, much feeds explosive
volcanism in the volcanic arc or descends into the deep
mantle. Melting at sub-arc depths is controlled by
a combination of advection via flow of hot mantle from
the back-arc, and fluxing by slab-derived fluids,
a combination of which produces a sharp volcanic front.
Magmas ascend to form arc crust and differentiate, some
fraction of which persists to form the basis of continental
crust. This transfer of energy and material leads to a rich
set of phenomena that play a major role in creating the
geologic record.
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SURFACE WAVES
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Definition
Surface waves are elastic waves which propagate along
the surface of the earth and whose energy decays exponen-
tially with depth.

Surface waves contain most of the long period energy
(periods greater than 20 s) generated by earthquakes
and recorded at teleseismic distances. Most prominent
on records of moderate (M � 5.5) earthquakes are the
fundamental mode wave trains that have propagated along
the direct great circle path between the epicenter and the
station. The dispersive and attenuative properties of these
wave trains have been used extensively, since the 1950s,
to infer crust and upper mantle structure at the regional
scale. For earthquakes of magnitude 7 or larger, succes-
sive, earth-circling surface wave trains can be followed
for many hours (Figure 1) and are either analyzed
individually or, at the longest periods (T > 250 s) they
are combined over time lengths of tens of hours or days
to produce a spectrum of Earth’s free oscillations (see Free
Oscillations of the Earth).

In an isotropic medium, there are two types of surface
waves which propagate independently (Figure 2).
Rayleigh waves, polarized in the vertical plane containing
the source and the receiver (P-SV energy), have
a retrograde elliptical particle motion. These waves have
generally good signal-to-noise ratio on the vertical
component records and have been studied the most. On
the other hand, the analysis of Love waves, polarized
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Surface Waves, Figure 1 Example of vertical component record showing earth-circling Rayleigh wave trains (marked R1...R8)
following the M8.8 Maule Chile earthquake of February 27, 2010. This record is from station BKS of the Berkeley Digital Seismic
Network (BDSN). The successive wavepackets are well separated from each other at this epicentral distance (86.6�). The long period
surface waves are often referred to as “mantle waves.” (Courtesy of Shan Dou.)
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Surface Waves, Figure 2 Particle motion for Rayleigh and Love waves. Rayleigh waves have retrograde particle motion confined to
the vertical plane of propagation. Love waves have purely transverse motion in the horizontal plane. (After Bolt, B. A., 1976.
Nuclear Explosions and Earthquakes. W. H. Freeman.)
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horizontally in a direction perpendicular to the
propagation direction (SH energy), suffers from the more
complex data processing required, and from higher
levels of long period background noise on the horizontal
component records, due primarily to the effect of
atmospheric pressure variations, inducing ground tilts.
Love waves, unlike Rayleigh waves, can exist only in
a heterogeneous medium (i.e., a layered medium).

The most striking property of surface waves is their
dispersive character, with, in general, waves of longer
periods traveling faster, directly reflecting the increase of
elastic velocity with depth in the earth’s crust and mantle.
Indeed, studies of crustal and upper mantle structure
progressed rapidly in the 1950s and early 1960s, as the
tools developed to measure group and phase velocity
dispersion and interpret them in terms of layered mantle
and crust models (e.g., Ewing et al., 1957).

In a spherical earth, the theory of generation and prop-
agation of surface waves is intimately linked to that
of Earth’s free oscillations, leading to the distinction of
various modes. The lowest mode is termed fundamental
mode, followed by higher modes, or overtones.
Fundamental mode Love and Rayleigh waves are gener-
ally well separated from other seismic phases on the
seismograms, and are well excited by shallow, crustal
earthquakes, while higher modes (i.e., overtones) travel
at higher group velocities and appear as compact packets
1500 2000 2500 3000 350
secon

P arrival

S arrival

Surface wave
harmonics

R1 
C101496B  ORV  Z

Surface Waves, Figure 3 Example of vertical component record fo
(depth = 19 km,Mw = 6.7) at BDSN station ORV showing the arrivals
Rayleigh wave train in front of the fundamental mode (R1). The Air
230 s, is well visible at the end of the R1 train. The seismogram has
Courtesy of Yuancheng Gung.
of mixed overtones. They are better excited by deeper
earthquakes (Figure 3).

Surface waves recorded at teleseismic distances contain
information about both the characteristics of the earth-
quake source and the structure of the earth’s crust and
mantle along the source-station path. Separating the two
effects has been one of the long-standing challenges faced
by seismologists.

Group and phase velocity
The velocity of propagation of surface waves can be
described in terms of either group velocity or phase veloc-
ity. Phase velocity is the velocity of a specific frequency
component of the wave train. Phase velocity derives from
the expression of a plane wave of wavenumber k, and
angular frequency o, propagating in the direction x, for
example, in one dimension:

f x; tð Þ � exp i ot � kxð Þ (1)

It is defined as the velocity of the phase of the component

of frequency o:

C oð Þ ¼ o k= (2)

whereo is the angular frequency and k is the wavenumber.
Frequency is related to period of the wave, T, by o = 2p/T,
while k = 1/l where l is wavelength.
0 4000 4500 5000 5500
d

arrival

r the October 14, 1996 Solomon Islands earthquake
of multiply reflected body wave phases forming a higher-mode
y phase, corresponding to the group velocity minimum around
been bandpass filtered with cutoff frequencies at 35 and 400 s.
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Group velocity is the velocity with which the energy
travels. The group velocity is derived from considering
a wave train containing multiple frequencies:

u o; tð Þ ¼
Z

A oð Þ exp i ot � kxð Þdo (3)

and finding the point (x,t) where the phase is stationary:

d ot � kxð Þ do= ¼ 0 hence t ¼ xdk do= (4)

This leads to the definition of group velocity U as:
U oð Þ ¼ do dx= (5)

In general, at any given period, the group velocity of sur-

face waves in the earth will be less than the phase velocity.
The minimum in the group velocity curve is termed Airy
phase, a major feature of many surface wave records. Note
that waves with periods shorter than the period of the Airy
phase will exhibit reverse group velocity dispersion, with
the shorter periods traveling faster. Phase velocity, on the
other hand, always increases with period.
Surface wave generation and propagation
The theoretical formulation for the excitation of surface
waves and normal modes of the earth, an eigenvalue prob-
lem, was developed in the 1960s (e.g., Haskell, 1964),
much stimulated by the occurrence of the great Chilean
earthquake of May 22, 1960 (M 9.5). A computational
method, following the original theoretical approach of
Saito (1967) based on Runge-Kutta matrix integration
method, has long been the main reference for the practical
calculation of surface waves and normal modes in laterally
homogeneous, elastic, flat or spherical earth models.
Today, a widely used approach for spherical geometry,
efficient to relatively short periods (10 s), is based on
a propagator matrix method in which minors of sets of
solutions are used effectively (Woodhouse, 1988). The
association of a normal mode formalism to compute dis-
persion and excitation of surface waves (and complete
seismograms), with a moment tensor formalism to
describe the earthquake source (e.g., Backus andMulcahy,
1976) led to the rapid development of source studies based
on surface waves in the 1980s.

To obtain the frequency spectrum of a single mode sur-
face wave train from the expression of a seismogram
obtained by summation of normal modes in a spherically
symmetric earth, one uses Poisson’s formula (e.g., Aki
and Richards, 1980), which decomposes the modes into
infinite trains of propagating surface waves traveling in
opposite directions around the earth. In this process,
a high frequency approximation is used, in which the
phase velocity (see below) of a surface wave is related to
the corresponding normal mode frequency by Jeans’
formula:

C oð Þ ¼ aol

l þ 1 2=
(6)
where l is the angular order of the mode and ol its
eigenfrequency, and a is the radius of the earth. In this
high-frequency approximation, surface waves propagate
along the great circle path between the epicenter and the
station and are sensitive to structure only along this great
circle.

The spectrum of a single mode propagating surface
wave at distance D, azimuth y, and angular frequency o
can be expanded as follows:

U D;y;oð Þ ¼ Us y;oð ÞS Dð ÞUp D;y;oð ÞF o;y0ð ÞD oð ÞI oð Þ
(7)

where Us is the source spectrum, Up contains propagation
effects, I is the instrument response, S(D) is the geometri-
cal spreading term, and F and D describe the source
process.

The propagation term Up can be expressed as (e.g.,
Romanowicz, 2002):

Up D; y;oð Þ ¼ 1

sinDð Þ1=2
exp ip 4=ð Þ exp imp 2=ð Þ

� exp �ioD C o; yð Þ=½ � exp �� o; yð ÞD½ �
(8)

where m denotes the number of polar passages and
C(o,y), �(o,y) are, respectively, the average phase veloc-
ity and attenuation coefficient along the source-station
path.

On the other hand, the source term Us(y,o) can be
expressed as a linear combination of the moment tensor
elements Mij of the source.

Structure studies using surface waves
Fundamental mode studies (dispersion)
Fundamental mode surface waves are well suited for the
study of crust and upper mantle elastic structure, which
can be deduced from their group and/or phase dispersion
properties. They allow the sampling of vast areas of the
globe that are otherwise devoid of seismic stations, such
as the oceans.

Many early studies documented the correlation of seis-
mic velocity variations with surface tectonic features,
using regional measurements of phase and group veloci-
ties of fundamental mode Love and Rayleigh waves in
the period range 20–100 s (e.g., Knopoff, 1972) or at lon-
ger periods, reaching deeper into the mantle (e.g., Toksöz
and Anderson, 1966). Since the early 1970s, the computa-
tion of group velocity has relied on the multiple filtering
technique introduced by Dziewonski et al. (1969). This
approach, later perfected as the FTAN method (e.g.,
Lander, 1989), involves two steps. In the first step, an
“energy diagram” is formed by windowing the seismo-
gram over group arrival time and filtering over an array
of specified center frequencies. The resulting amplitudes
are then plotted as a function of time and frequency and
their values contoured. The group velocity curve is
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obtained by tracing the loci of maximum amplitude as
a function of period. In a second step, the time domain
seismogram is filtered using multiple filters centered on
the group velocity curve (e.g., Figure 4).

Phase velocity is obtained from the phase F of the
Fourier spectrum of a dispersed wave train that has been
corrected for the contribution of the source and the
instrument:

C oð Þ ¼ X
t0 � F� N � m 4=ð Þ � 1 8=½ � o=

(9)

where t0 is the start time of the Fourier window with
respect to the event’s origin time,m is the number of polar
passages, and N is an integer arising from the 2p indeter-
minacy of the phase. This integer is determined first at
long periods to obtain reasonable values of phase velocity
compatible with well-constrained global earth models.
The phase velocity curve is then successively continued
to shorter periods at fixed N, so as to obtain a smooth
curve. This can become a problem at periods shorter than
30 s, where small variations in phase velocity correspond
to rapid cycling of the phase.

The contribution of the earthquake source to the
phase needs to be known accurately for the computation
of phase velocity, less so for group velocity. This can be
circumvented by making measurements using the
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directly to the determination of elastic velocity structure
beneath that province. This method has been extended to
“many stations” to infer structure beneath an array of
stations spanning a geologically homogeneous region.

Noise cross-correlation methodology
Recently, a radically different methodology has been
introduced in seismology. The medium’s “Green’s func-
tion” between two seismic stations can be extracted from
cross-correlations of records at both stations over long
time periods, without the need for using earthquake data
(see Seismic, Ambient Noise Correlation). These “noise
cross-correlations” have been particularly effective for
the measurement of the fundamental mode dispersion
between two stations in and around the microseismic fre-
quency band (5–30 s), where the background seismic
noise is the most energetic. It has been shown that this
approach leads to results that are as good as those obtained
using standard methods, in regions where seismicity is
strong and provides good illumination of the structure
using “standard” approaches (e.g., Shapiro et al., 2005).
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This has opened up new horizons for the study of regional
crustal structure, especially in seismically quiet regions.
There remain some theoretical issues to be resolved, in
particular regarding biases introduced by the nonuniform
distribution of noise sources around the study region,
and the possibility of extracting the overtone part of the
Green’s function. This is because most of the noise
sources that contribute to the reconstruction are located
near the earth’s surface (see Sect. The earth’s background
noise spectrum – hum and microseisms) and thus prefer-
entially excite the fundamental mode. Nevertheless, the
methodology is developing at a rapid pace.

Global studies of structure using surface waves
With the advent of digital recording in the mid-1970s and
the expansion of global digital long-period and later
broadband networks (see Seismological Networks), the
processing of the relatively long time series needed to
measure surface waves became much easier and opened
the way, in the 1980s to large-scale and global studies of
upper mantle structure.

Global studies first proceeded according to
a regionalization scheme, in which it was assumed that
the depth variation of seismic velocities is the same across
each tectonic province. These studies confirmed and
extended to longer periods (and hence larger depths) early
results on the age dependence of structure in the oceans
(e.g., Romanowicz, 2002; see also Earth’s Structure,
Upper Mantle). The constraint of regionalization was
soon relaxed, replaced by expansion of lateral heterogene-
ity into a global basis of spherical harmonics. This
revealed, in particular, that the correlation of structure with
tectonics disappears below depths of 200–300 km (e.g.,
Ekström et al., 1997). Dispersion measurements have
focused primarily on the fundamental mode, generally in
the period range 35–150 s, and thus are generally limited
in resolution to depths shallower than�300–400 km. This
approach has led to several generations of global phase
velocity maps at discrete frequencies, with increasing spa-
tial resolution (e.g., Figure 5). In these studies, lateral var-
iations of dispersive properties are now well resolved
down to wavelengths of �1,000–2,000 km. At the long
period end, the period range is limited by the difficulty
of separating consecutive wave trains, and at the short
period end, by the increased complexity of surface wave
propagation in the strongly heterogeneous crust and
uppermost mantle, resulting in lateral refractions and
multipathing. The latter are not taken into account in the
simple high frequency, great circle propagation assump-
tions underlying the construction of dispersion maps.

Inversion of surface wave dispersion data
Inversion of surface wave dispersion data generally
involves two steps. By combining measurements at
a given frequency for many different paths crossing
a particular region, or, at longer periods (T >� 40 s) over
the entire globe (e.g., Figure 5), dispersion maps can be
obtained by a standard linear inversion procedure, yield-
ing point by point dispersion curves over the region
considered.

These dispersion curves can then be inverted to obtain
the local variation of elastic parameters with depth, by
matching observed dispersion curves to theoretical curves
calculated for layered earth models, using inverse theory
(e.g., Thurber and Ritsema, 2007; see also Inverse Theory,
Linear). The models thus obtained suffer from some degree
of nonuniqueness, as the problem is under-determined.
In particular, surface waves cannot by themselves resolve
strong gradients of velocity with depth, so that, in general,
some a priori constraints are applied, such as fixing the
depth of the Moho, or limiting the extent of low velocity
layers. A major advance was the theoretical contribution
of Backus andGilbert (1970), whichmade it possible to cal-
culate the resolving kernels and errors associated with the
various least squares solutions of the inverse problem. Sur-
face wave dispersion ismost sensitive to shear velocities, so
that, in general, a priori conversion factors between shear
velocity and compressional velocity, on the one hand, and
density, on the other, are assumed.

Crustal corrections
A significant issue regarding the inversion of long period
fundamental mode surface waves (40–200 s) for upper
mantle structure is that of crustal corrections. Indeed, sur-
face waves are sensitive to shallow structure even at long
periods, but not sensitive enough for inversion, unless
more difficult to measure short periods (down to �10 s)
are included. Until recently, most studies simply
performed crustal corrections in the framework of linear
perturbation theory. However, Montagner and Jobert
(1988) showed that the effect of the large variations in
crustal thickness is nonlinear, and proposed a more accu-
rate correction procedure based on a tectonic regionaliza-
tion. Developing accurate crustal models worldwide (see
Earth’s Structure, Continental Crust) remains
a challenge for large-scale surface wave inversions for
structure of the upper mantle, especially in the era of
numerical computation of waveforms.

Inversion using overtones
While they are well separated in the time domain from
other mode branches, and therefore well suited for fre-
quency domain single mode analysis techniques, funda-
mental mode surface waves have several shortcomings:
at intermediate periods (�20–150 s) their sensitivity to
structure below about 200 km is poor, whereas longer
period mantle waves, which reach down to the top of the
upper mantle transition zone, have poor spatial resolution.
In any case, resolving structure in the transition zone,
which is also poorly sampled by body waves, requires
the inclusion of higher-mode surface waves, whose sensi-
tivity is larger at these depths (e.g., Figure 6). They are
also a powerful tool for investigating structures where
low velocity zones may be present (e.g., Kovach
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and Anderson, 1964). In general, however, higher-mode
surface waves overlap in the time-frequency domain,
and single mode dispersion methods therefore cannot be
applied.

In the 1970s, array methods were developed indepen-
dently by Nolet (1975) and Cara (1978) to extract infor-
mation from overtones, and applied in the period range
20–100 s to paths across Eurasia and the Pacific Ocean,
respectively. These methods require a linear regional array
of stations approximately aligned with the epicenter
(and not in a nodal direction of the source radiation pat-
tern), in order to separate modes in the (o,k) domain,
where k is the wavenumber. They are limited in applica-
tion to a few regions of the world with relatively dense,
linear arrays. A waveform-based method involving the
comparison of observed and synthetic seismograms at
a single station was proposed by Lerner-Lam and Jordan
(1983). In this approach, branch cross-correlation func-
tions (bccf’s) are formed between a particular single-mode
synthetic and the observed seismograms and used to invert
for an average structure along each source-station path.
This approach lends itself to the derivation of secondary
observables such as group or phase velocity. The main
drawback of this methodology is the contamination of
the single mode objective function by interference from
other mode branches. More recently, van Heijst and
Woodhouse (1997) proposed a “mode-branch stripping”
method based on a bccf approach combined with
a frequency-stepping procedure, yielding single mode dis-
persion and amplitudes. A global multimode dispersion
dataset assembled in this fashion has been used in the con-
struction of several generations of global shear velocity
models (e.g., Ritsema et al., 2004). See also Earth’s Struc-
ture, Upper Mantle.
Full waveform inversions
Extracting single mode dispersion information directly
from spectra of windowed wave trains is only effective
for the fundamental mode, which is well separated on
the seismogram, and even in this case, overlapping with
overtone wave trains or, at long periods, other orbits of
the fundamental mode, can be a problem. A waveform
matching approach is therefore desirable, where observed
seismograms are compared to synthetics computed for
a given reference earth model, and the model is perturbed
to improve the fits of the observed and synthetics in the
target time window of observation, which can be
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optimized. In particular, such an approach is suitable both
for fundamental mode and overtone surface waves.

For many years, the computation of long period syn-
thetic seismograms relied on asymptotic approximations
to normal mode first order perturbation theory, as devel-
oped in the 1970s. The most widely used approximation
is the “path average approximation,” introduced for wave-
form modeling by Woodhouse and Dziewonski (1984).
The key steps that led to the various formalisms routinely
used today are described in Romanowicz et al. (2008). See
also Seismic, Waveform Modeling and Tomography.

Working under the assumption of PAVA, Nolet
(1990) introduced “the partitioned waveform inversion”
(PWI), in which inversion for elastic structure proceeds
in two steps, more closely related to the two-step inversion
using dispersion data. Path integral parameters are defined
and retrieved by nonlinear waveform fitting over each
path, and in a second step, inverted linearly for elastic
structure. The advantage of this approach is that it reduces
the number of parameters to be fit in the nonlinear part of
the inversion. The PWI also includes progressive filtering
of data starting at the longest periods (see Seismic
Tomography).

Because it includes only coupling of modes along single
dispersion branches, the PAVA is rigorously only suitable
for single-mode wave trains such as the fundamental mode.
The corresponding sensitivity kernels to structure are 1D
kernels, that is, they only depend on the laterally averaged
structure in the vertical plane between the source and the
receiver. When applied to overtones and body waves, cou-
pling across mode branches needs to be included. For
a review of these methodologies, see Romanowicz et al.
(2008) and Thurber and Ritsema (2007).
Upper mantle anisotropy from surface wave
studies
Early studies of surface wave dispersion showed that, in
many regions, it is not possible to find a single isotropic
model that satisfies both fundamental mode Love and
Rayleigh wave dispersion simultaneously. This provided
some of the earliest evidence for the presence of anisot-
ropy in the crust and upper mantle (e.g., Anderson,
1961). This discrepancy can be explained by introducing
a transversely isotropic medium with a vertical symmetry
axis (radial anisotropy), down to at least 200 km depth. It
is in this context that the still widely used Preliminary
Reference Earth Model (PREM) was constructed
(Dziewonski and Anderson, 1981). Gung et al.
(2003) showed that radial anisotropy is also present at
depths greater than 200 km beneath the lithospheric roots
of stable continents and cratons, and explains discrepan-
cies in lithospheric thickness obtained using surface
waves of different polarization, thus reconciling litho-
spheric thickness obtained from seismology with esti-
mates from other geophysical and xenolith data.

Surface wave dispersion also varies with azimuth of
propagation, an indication of “azimuthal anisotropy”
(e.g., Forsyth, 1975). The global azimuthal variations of
Rayleigh and Love wave dispersion at long periods
(100–250 s) were first mapped by Tanimoto and Ander-
son (1985), who showed that the fast direction appears
to correlate with flow directions in the mantle. Montagner
and Tanimoto (1991) developed the first global model of
radial and azimuthal anisotropy in the upper mantle based
on fundamental mode surface wave data. While some
questions remain about trade-offs between lateral hetero-
geneity and anisotropy in this type of inversion,
Montagner and collaborators have shown that they can
explain their datasets with fewer parameters when azi-
muthal anisotropy is considered than when it is ignored.

To first order, asymptotically, the azimuthal variation of
phase velocity (Love or Rayleigh waves) is of the form
(Smith and Dahlen, 1973):

C o; yð Þ ¼ A0 þ A1 cos 2yð Þ þ A2 sin 2yð Þ
þ A3 cos 4yð Þ þ A4 sin 4yð Þ (10)

where y is the azimuth of the wavenumber vector defined
clockwise from north. The coefficients Ai(o) depend
linearly on the elastic tensor at every point in the
medium. Theoretical expressions and how they can be
applied for crust and upper mantle studies are reviewed
in Romanowicz (2002) and Montagner (2007). Because
Rayleigh waves are sensitive both to shallow crustal
and deeper mantle anisotropy, it is important to use
a wide frequency range to resolve the depth dependence
of anisotropy using surface waves. Montagner and
Nataf (1988) introduced “vectorial tomography.” By
combining radial and azimuthal dispersion terms, under
the assumption that the material possesses a symmetry
axis (orthotropic medium), they showed that the 3D
model can be described using seven elastic parameters
(plus density): the five parameters describing transverse
isotropy, and two angles describing the orientation in
space of the axis of symmetry. Combining long period
waveforms and SKS splitting measurements, Yuan and
Romanowicz (2010) showed that azimuthal anisotropy
provides a powerful tool to detect layering in the
continental lithosphere.

Using different seismological tools, including surface
wave overtones (e.g., Trampert and van Heijst, 2002), it
has also been suggested that azimuthal anisotropy is pre-
sent in the transition zone. To date, these results are not
consistent with each other and still controversial.

Other diagnostic effects of anisotropy in long period
surface waves are waveform anomalies caused by Ray-
leigh-Love coupling, which generates “quasi-Love”
waves on vertical components and “quasi-Rayleigh”
waves on transverse (e.g., Park and Maupin, 2007). See
also Seismic Anisotropy.
Effects of scattering and the Born approximation
Until recently, most regional and global models of upper
mantle structure derived from surface waves were based
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on the standard “path average” approximation (PAVA).
This is valid only if the wavelength of lateral variations
of structure is long with respect to that of the surface
waves considered. And it is not strictly appropriate for
overtones.

Many observations indicate that lateral heterogeneity is
strong enough to cause departures from PAVA. For
example, 20 s surface waves sensitive to shallow crustal
structure consistently show multipathing (e.g., Capon,
1970 or Figure 7). At longer periods (T > 100 s), later
arriving trains often show larger amplitudes than the ones
preceding them which cannot be explained by lateral var-
iations of attenuation.

Several approaches have been developed to account for
these effects and exploit them to obtain better constraints
on lateral variations of structure. Woodhouse (1974) intro-
duced the concept of local modes. These are the surface
wave modes of a laterally homogeneous model, which
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Surface Waves, Figure 7 Example of vertical component record at
Turkmenistan showingmultipathing of 20–30 s surface waves. The re
great circle path is shown on the top plot with a shear wave tomog
the north, following the coast and along major structural boundari
(Courtesy of Yuancheng Gung.)
locally has the depth distribution of the laterally varying
model. If the medium is laterally smooth, the local mode
branches propagate as independent wave trains, and
their dispersion is modified according to the evolution of
the local modes. However, if lateral variations are sharp
(e.g., in the presence of a structural discontinuity such
as an ocean-continent boundary), the coupling of the
local modes cannot be neglected and its strength depends
on the width of the structural transition zone
(Kennett, 1972). For a recent review see Romanowicz
(2002). Kennett (1992) derived a formalism for mode-
coupling in 2D slowly laterally varying structures, which
was extended to the 3D scattering case, in Cartesian coor-
dinates (e.g., Bostock and Kennett, 1992).

In the framework of scattering theory, the use of tools
based on the single-scattering Born approximation has
gained popularity in the last 5 years. Born scattering is
well suited for inversion since the scattered wavefield
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es in the crust that are likely the cause of the multipathing.
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depends linearly on structural perturbations (e.g., Snieder,
1988). The use of Born kernels is widely advocated to
take into account the effects on dispersion of off-great
circle sensitivity of surface waves (e.g., Zhou et al.,
2006). However, the relative merits of single-scattering
Born sensitivity kernels versus simpler averaging kernels,
such as “fat rays” is still debated (e.g., Boschi et al., 2006).

Born is also a poor approximation in the case of strong
heterogeneity, or when the region of scattering is large
(e.g., Friederich et al., 1993).

Most recently, the introduction to global seismology of
the Spectral Element Method (Komatitsch and Vilotte,
1998), which provides an accurate representation of the
teleseismic wavefield in arbitrary 3D media up to the sec-
ond surface wave orbit, has provided a new powerful tool
for the study of Earth structure, and is progressively being
implemented for waveform modeling of crust and upper
mantle structure at the local (e.g., Tape et al., 2010),
regional (Fichtner et al., 2010), and global scale (Lekic
and Romanowicz, 2010), focusing, so far, on the relatively
long period surface waves. These studies show that the use
of a more accurate wave propagation theory results in the
improved retrieval of amplitudes of lateral variations of
shear wave velocity, and in particular, significantly lower
values in low velocity zones. For applications at the global
scale, this promising new tool presents several challenges:
a considerable computational cost, and the necessity of
accurate representation of the 3D structure in the crust,
a topic that undoubtedly will be addressed in the coming
years.

Surface wave attenuation
Surface wave measurements provide the primary con-
straints on attenuation structure in the crust and uppermost
mantle. In the absence of perturbing effects due to scatter-
ing and focusing, the amplitude spectrum of a single mode
wave train can be written as:

A oð Þ ¼ A0 oð Þ exp �� oð ÞXð Þ (11)

where X is the epicentral distance in kilometers and A0(o)
represents the amplitude at the source. The attenuation
coefficient �(o) is related to the quality factor Q through
(e.g., Aki and Richards, 1980):

� oð Þ ¼ o
2C oð ÞQ oð Þ

where C is the phase velocity.
Regional studies of amplitudes of fundamental mode

surface waves in the period range 5–100 s and of Lg
waves have long established the presence of large varia-
tions ofQ correlated with tectonic provinces and in partic-
ular with the age of the oceans, and with time elapsed since
the latest tectonic activity on continents. For recent
reviews, see Mitchell (1995) and Romanowicz andMitch-
ell (2007). Recently, attenuation structure in the vicinity of
the East Pacific Rise and in the back-arcs and wedges of
subduction zones obtained from a combination of surface
wave and body wave data have revealed highly attenuat-
ing zones underlying volcanic arcs, down to the slab sur-
face. See also Seismic, Viscoelastic Attenuation.

Lateral variations in attenuation at long periods can be
an order of magnitude larger than those in elastic velocity.
Progress in constraining global 3D anelastic structure of
the upper mantle has been slow because of the inherent
difficulty of measuring attenuation in the presence of
focusing and scattering effects that can be as large as
anelastic ones and depend strongly on the short-
wavelength details of the elastic structure. The long
wavelength 3D attenuation models obtained thus far
indicate that lateral variations in attenuation in the first
200–250 km of the mantle are correlated with tectonics.
In the transition zone, the long wavelength pattern shifts
to one correlated with hotspots and with the structure at
the base of the mantle, with high attenuation overlying
the two large low shear velocity provinces under Africa
and in the Pacific (e.g., Romanowicz and Mitchell,
2007). Progress in resolving finer details of attenuation
structure awaits the routine implementation of numerical
methods for the computation of long period seismograms
to fully account for focusing effects.
Source studies using surface waves
Fundamentalmode surfacewave spectra contain information
about the source moment tensor, source depth (centroid),
source process time, and, under favorable circumstances for
very large earthquakes, source directivity. Tsai and Aki
(1971) first showed that the amplitude spectrum of Rayleigh
waves contained the signature of source depth, in the form of
a “hole” in the spectrum in the period range 10–100 s, which
appears at a period depending on depth, and which also
depends on the source mechanism.

In order to correct for propagation, different approaches
need to be taken depending on the size of the earthquake
and the period range considered. At very long periods
(T> 180 s) and for large earthquakes (M> 6.5), propaga-
tion effects can be accounted for approximately using
a spherically symmetric reference earth model and elliptic-
ity corrections. At shorter periods, and for smaller earth-
quakes, corrections on individual source-station paths
need to be known much more accurately (for a review, see
Romanowicz, 2002). In the last 15 years, the availability
of increasingly accurate global 3D tomographic models of
the upper mantle has made it possible to extend the period
range to shorter periods (down to�120 s) and to efficiently
make use of methodologies, based on time-domain wave-
form inversion, that are no longer restricted to the funda-
mental mode, thus providing more accurate estimation of
the source depth. Such awaveform approachwas first intro-
duced by Dziewonski et al. (1981), who combined wave-
forms of mantle waves at periods greater than 120 s with
overtonewaveforms at periods greater than 80 s. This forms
the basis of a now routine procedure that serves to construct
the widely used Harvard centroid moment tensor (CMT)
catalog (Now “global CMT catalog”).
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The earth’s background noise spectrum: hum and
microseisms
The presence of background peaks in the frequency range
2–7 mHz, corresponding to the fundamental spheroidal
free oscillations of the earth, in the absence of large earth-
quakes, was discovered recently by Japanese scientists
(e.g., Kobayashi and Nishida, 1998). It was later deter-
mined that the vertical component long period seismic
noise spectrum was made up of Rayleigh waves (Nishida
et al., 2002) and that the main source of the “hum” was
located in the oceans (Rhie and Romanowicz, 2004),
resulting from nonlinear interactions between the atmo-
sphere (oceanic storms), the oceans, and the solid earth.
The “hum” has also been detected on the horizontal com-
ponents, corresponding to Love waves.

The largest background seismic noise is found in the
period range 2–20 s and corresponds to the so-called
microseismic peak. Microseisms were studied extensively
in the 1950s and determined to be surface waves generated
in the oceans. There are two types of microseisms: “pri-
mary” and “secondary.” Secondary microseisms are the
strongest. Also called “double-frequency microseisms,”
they are generated at frequency f by a nonlinear mecha-
nism involving two opposing ocean waves of frequency
f/2 (Longuet-Higgins, 1950). In the last decade, there has
been renewed interest in the study of microseisms, in the
context of the use of noise cross-correlations for the study
of Earth structure, as seen above. While it has been pro-
posed that the earth’s low frequency hum generation
mechanism is related to that of microseisms, no common
explanation has yet been found for the vertical and hori-
zontal hum generation. See also Seismic Noise.
Summary
Surface waves propagate along the surface of the earth
with exponentially decreasing energy with depth, with
waves of longer period reaching greater depths. They con-
tain most of the elastic energy generated by earthquakes at
periods greater than 20 s and are dispersive. There are two
types of surface waves, Rayleigh and Love waves, with
different polarization properties. The fundamental mode
surface waves are well separated from other energy
arrivals in the time domain and provide the best
constraints to date on continental scale and global scale
structure. They play a particularly important role in
constraining the upper mantle structure in the ocean basins
where few seismic stations have been installed. While the
dispersion of fundamental mode surface waves is
a classical tool for the investigation of upper mantle
structure, higher modes, or overtones provide constraints
at transition zone depths (400–700 km) and deeper. They
require more sophisticated analysis tools because they
cannot be distinguished from each other readily on the
seismogram. Waveform inversion approaches are
increasingly favored to handle both fundamental mode
and overtone interpretation, and hold increasing promise
as numerical methods for the computation of the seismic
wavefield in arbitrary 3D structures are being
implemented, and can account for complex scattering
and focusing effects accurately. In addition to isotropic
shear velocity, surface waves provide constraints on the
distribution of polarization and azimuthal anisotropy in
the upper mantle, as well as on anelastic attenuation.
When path effects have been corrected for, surface waves
provide robust constraints on the source depth and radia-
tion pattern, as expressed by its moment tensor.

The earth’s continuous background noise consists
primarily of surface waves, at least at periods longer than
5 s. Notable is the microseismic noise peak around
6–7 s. Most of this energy is generated in the oceans by
nonlinear interactions involving wind-driven ocean
waves, and the seafloor. Recently, a method based on the
cross-correlation of noise records has gained popularity
and has been applied successfully to resolve crust and
uppermost mantle structure. It is particularly useful in
seismically quiet regions.
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Definition and introduction
T phases are defined as seismic recordings of signals hav-
ing traveled an extended path as acoustic waves in the
water body of the oceans. This is made possible by the
“Sound Fixing and Ranging” (SOFAR) channel, a layer
of minimum sound velocity acting as a wave guide
at average depths of 1,000 m (Okal, 2007). It allows the
efficient propagation of extremely small signals over
extremely long distances, in practice limited only by the
finite size of the ocean basins. The existence of the
SOFAR channel results from the dependence of the veloc-
ity of sound in water on temperature, pressure and salinity.
As a result, the detailed structure of the channel (including
the value of the minimum velocity) varies both geograph-
ically (mainly with latitude) and seasonally, but at first
order, the SOFAR channel can be regarded as a quasi-
universal feature of the world’s oceans.

At the shoreline of a continent or island, the acoustic
wave is converted into a seismic wave which can be
recorded by a seismometer or, occasionally, felt by
humans. Efficient propagation inside the waveguide
requires short wavelengths, in practice frequencies above
3 Hz, and thus T phases generally attenuate fast once
converted, although in exceptional geometries they have
been detected up to 1,000 km inside stable conti-
nental shields. Even though records of T waves were
reported as early as 1927, they were not identified as
hydroacoustic signals until the late 1940s, when results
from antisubmarine warfare during World War II were
declassified.
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
Sources of T waves
T waves can be generated by a diversity of underwater
sources, as long as their energy becomes trapped in the
SOFAR channel. Most earthquakes in oceanic margins
generate strong T phases, since in the presence of a slop-
ing ocean floor, multiple downslope reflections can lead
to efficient penetration of the SOFAR (Johnson et al.,
1963). However, their generation by earthquakes in abys-
sal plains deprived of large-scale bathymetry defies the
laws of geometrical optics, and remains to this day a major
theoretical challenge; it is generally thought that abyssal
T phases result from scattering along small random het-
erogeneities of the ocean floor (Yang and Forsyth,
2003). Also, T waves are occasionally generated by non-
shallow earthquakes, even the deepest ones, even though
their source is de facto distant from the ocean column.
This excitation is made possible by travel through the
subducting oceanic slabs which, being cold, propagate
high frequencies with limited attenuation and can deliver
them to the water interface for conversion to acoustic
waves (Okal, 2001a).

Underwater landslides are also T-wave generators. As
compared with earthquakes, such sources, which move
generally smaller segments of ocean floor over much
larger distances, have a considerably longer duration, a
lower-frequency spectrum, and thus result in T waves of
longer duration but smaller amplitudes (Okal, 2003).

By contrast, explosions at sea, which are intrinsically
high-frequency, are particularly efficient sources of
Twaves; in most instances, they involve a shallow source
located inside the SOFAR channel, thus providing optimal
feeding of acoustic energy into the channel. In particular,
seismic reflection experiments are routinely recorded
thousands of kilometers away.

Underwater volcanic eruptions are also regular genera-
tors of T waves. Because of the diversity of processes
involved during a volcanic sequence, these signals may
90-481-8702-7,
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feature a wide variety of characteristics. The opening
of cracks during the formation of magmatic plumbing
systems is essentially in the nature of an earthquake,
while magmatophreatic explosions at the contact between
a lava conduit and the oceanic column are reminiscent of
chemical explosions. The steady output of lava into the
ocean takes the form of a prolonged noise of low ampli-
tude which may be compared to underwater slumping
(Caplan-Auerbach et al., 2001). Finally, the oscillation
of magma inside the plumbing system, known to cause
volcanic tremor long recorded seismically on subaerial
volcanoes, generates harmonic T-wave signals. Supercrit-
ical hydrothermal venting during volcanic events has
also been documented as the source of monochromatic
hydroacoustic signals (Talandier and Okal, 1996).

Among the most remarkable T waves ever reported,
signals from the eruption of Macdonald Volcano (29�S;
140�W) on 29 May 1967 led to the eventual discovery
of this unchartered underwater seamount, and its interpre-
tation as the active member of the Cook-Austral hotspot
chain (Johnson, 1970).

The collision of large icebergs, during which their
masses can rub against each other, has also been
documented as a source of T waves, which can exhibit a
harmonic character during episodes of stick-and-slip fric-
tion between tabular icebergs (MacAyeal et al., 2008).
Hydroacoustic waves are also generated during the disin-
tegration of large icebergs, and thus could be used to mon-
itor and assess any possible change in climatic conditions
(Li and Gavrilov, 2006).

Finally, marine mammals can talk into the SOFAR
channel and correspond across hundreds of kilometers,
using signals in the range of a few tens of hertz, but
specific to each species.

Human perception
T waves of sufficient amplitude can be felt by shoreline
populations. For example, the underwater nuclear test
WIGWAM on 14 May 1955 off the coast of Southern
California was felt in Hawaii and even in Japan, 8,000 km
away. Large events such as the Alaskan earthquake of 10
July 1958 and the deep Bolivian shock of 9 June 1994 were
felt in Hawaii, and T waves from the 2004 Sumatra earth-
quake were felt in the Maldives and possibly on Zanzibar;
they could have provided a warning of the impending
tsunami in these otherwise aseismic areas, but their
populations were unprepared.

Use in comprehensive nuclear-test ban treaty
monitoring
Because hydroacoustic waves can detect small sources
(especially intra-oceanic ones) at great distances, they
have been included as one of the four technologies used
by the International Monitoring System (IMS) of the
Comprehensive Nuclear-Test Ban Treaty. Their spectacu-
lar efficiency in propagation allows a full coverage of the
all the Earth’s oceans using only 11 receiver sites, six of
which are hydrophones deployed within the SOFAR chan-
nels, and five special seismic stations close to shorelines
(“T-phase stations”), instrumented for high-frequency
seismic recording in the 50�100 Hz range (Okal, 2001b).

Acoustic thermometry of ocean climate
This project consisted of using acoustic sources in the
57 Hz range fired in the vicinity of Heard Island, South
Indian Ocean, a location allowing the illumination of all
three major oceans (Munk et al., 1994). Detection at
extreme ranges of up to 17,000 km allowed precise mea-
surement of acoustic velocities, and it was envisioned to
repeat these experiments over several decades, to monitor
any evolution of sound velocities, as a proxy to changes in
temperature, possibly in the context of global warming.
Unfortunately, the project had to be halted in the late
1990s under pressure from the environmental lobby.

Quantification
Like other seismic phases, quantitative measurements of
T waves can provide information on source parameters.
However, absolute measurements (especially of ampli-
tudes) at seismic receivers are difficult to interpret due to
the complexity and site specificity of the conversion pro-
cesses. In addition, the high-frequency nature of the phase
results in amplitude saturation at relatively low magni-
tudes. In this context, quantification of T waves has
emphasized duration of wavetrains over amplitude, and
relative measurements under common or comparable
receiver conditions. Okal et al. (2003) have introduced
the concept of T−phase energy flux, TPEF, reminiscent
of the evaluation of seismic energy from body waves,
and which should scale with seismic moment M0 for reg-
ular seismic sources. Any deviation in the ratio G = TPEF/
M0 identifies anomalous source properties; in particular,
slow earthquakes exhibit deficient G, a property with
some potential in tsunami warning.

The comparison of duration and amplitude of
T wavetrains can efficiently discriminate between earth-
quakes and explosions at sea, based on the strong differ-
ences in the scaling of their source processes (Talandier
and Okal, 2001), although small earthquakes located
inside steep volcanic edifices remain a challenge in this
respect.

A few geophysical applications
Asmost of their path is hydroacoustic, T phases propagate
at a velocity close to that of sound in water, 1.5 km/s; that
gives them late arrivals on seismic records, hence their
name “T” for “third”. Such slow velocities allow a remark-
able resolving power for source locations, after accounting
for small geographic and seasonal variations in SOFAR
velocities, and for the contribution of the converted [seis-
mic] segments of the phase.

In this context, the superior detection capabilities
of T phases have been used to improve considerably our
coverage of low-magnitude seismicity in the oceanic
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environment, and especially our understanding of small-
scale processes at mid-oceanic ridges, notably in conjunc-
tion with swarms of volcanic activity (Dziak et al., 1995).

The slowness of T waves also allows to very precisely
beam a receiving array (e.g., triangles of hydrophones at sites
of the International Monitoring System [IMS]) to back-track
the source of T phases, or even of individual fragments of
their wavetrains; this procedure was used to obtain
a detailed source tomography of the great 2004 Sumatra-
Andaman event (e.g., Tolstoy and Bohnenstiehl, 2005).

Conclusion
Because of their high-frequency character, T waves pro-
vide a valuable complement to more traditional phases in
the field of body-wave seismology. Their incorporation
into the IMS allows their more systematic recording and
opens up a number of new research opportunities.
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Synonyms
Specific heat capacity; Thermal capacity; Volumetric heat
capacity

Definition
Specific heat capacity c. Physical property defining the
amount of sensible heat that can be stored in or extracted
from a unit mass of rock per unit temperature increase or
decrease, respectively. Isobaric and isochoric specific
heat capacities are defined at constant pressure and
volume, respectively; dimension: J kg�1 K�1.
Thermal capacity (also: volumetric heat capacity) r c.
The product of isobaric specific heat capacity and density.
Physical property defining the amount of sensible heat that
can be stored in or extracted from a unit volume of rock
per unit temperature increase or decrease, respectively;
dimension: J m�3 K�1.

Thermal storage properties
The thermal regime of the Earth is defined by its heat
sources and sinks, the heat storage and transport pro-
cesses, and their corresponding physical properties. The
storage properties are discussed below. The transport
properties, thermal conductivity and thermal diffusivity,
are dealt with in this volume in the companion chapter
“Thermal Storage and Transport Properties of Rocks, II:
Thermal conductivity and diffusivity.”

Heat can be stored as sensible heat and enthalpy of
transformation. In the Earth, sensible heat is defined
by the heat capacity of rocks, and the enthalpy of
transformation by their latent heat of fusion.

Heat is transmitted within the Earth mainly by diffu-
sion (in the steady state: conduction), advection, and radi-
ation. Generally, heat diffusion dominates heat radiation
within the lithosphere of the Earth, at temperatures below
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about 1 000 K. For sufficiently large flow rates, convec-
tion-driven heat advection, however, can be equally or
even more efficient than diffusion. The heat diffusion–
advection equation for a porous medium is:

@ðrcPTÞ
@t

¼ = � l=T|ffl{zffl}
qdif

�ðrcPÞf Tv|fflfflfflfflffl{zfflfflfflfflffl}
qadv

0
B@

1
CAþ A|{z}

generation

; (1)

where T is temperature in K, t time in s, r density in
kgm�3, c isobaric specific heat capacity in J kg�1 K�1,
l thermal conductivity inWm�1 K�1, v specific fluid dis-
charge (volume flow rate per unit cross section) in m s�1,
A (radiogenic) heat generation rate in W m�3; subscript
“f” refers to fluid properties. Diffusive bulk storage and
transport properties for heat in rocks governing this equa-
tion are thermal capacity r cP, also referred to as volumet-
ric heat capacity, and thermal conductivity l. Advection is
governed by the thermal capacity and specific discharge of
the flowing fluid, (r cP)f and v, respectively.

Heat advection does not require very large flows for
becoming as or more efficient than heat diffusion. This is
often the case in sedimentary basins (see, e.g., Clauser
et al. (2002) for a literature review). But fluid-driven heat
advection may be also important in crystalline rocks and
on a crustal scale (e.g., Clauser, 1992). The non-
dimensional Péclet and Nusselt numbers, Pe and Nu, are
ratios of specific heat flows qadv and qdif (Equation 1) indi-
cating the efficiency of (fluid flow driven) advective heat
transport versus heat conduction for given flow
geometries. For instance, assuming flow of magnitude
v over a distance L and a temperature difference T1–T0
one obtains:

Pe ¼ qadv
qdif

¼ ðrcÞf vðT1 � T0Þ
l ðT1 � T0Þ L=

¼ ðrcÞf vL
l

;

Nu ¼ qadv þ qdif
qdif

¼ qadv
qdif

þ 1 ¼ Peþ 1:
(2)

Thus advection or diffusion (in the steady state:

conduction) dominate for Pe > 1 or Pe < 1, respectively
(in terms of the Nusselt number for Nu > 2 or Nu < 2,
respectively). At temperatures above 1 000 K, heat is
propagated increasingly as radiated electromagnetic
waves, and heat radiation begins to dominate diffusion
(see Thermal Storage and Transport Properties of Rocks,
II: Thermal Conductivity and Diffusivity, this volume).

Heat capacity
Heat can be stored and delivered as sensible heat or as
latent heat required or liberated by phase changes. This
and the next two paragraphs are concerned with sensible
heat. Following this, latent heat will be discussed.

Sensible heat capacity C is defined as the ratio of heat
DQ required to raise the temperature of a mass M of rock
by DT. For each molecule of mass m, this temperature
increase requires an energy of (f/2) k DT, where f is the
number of degrees of freedom of the molecule and
k = 1.380 650 4(24) � 10�23 J K�1 is Boltzmann’s con-
stant. For a body of mass M, a temperature increase of
DT requires an energy of DQ = (M/m) (f/2) k DT. Thus
the heat capacity of the body at constant volume is:

CV ¼ DQ
DT

¼ f
2
k
M
m

¼ f
2
kNA ¼ f

2
R JK�1
� �

; (3)

where Avogadro’s number NA = 6.022 141 79(30) �
1023 mol�1 equals the number of molecules or atoms in
an amount of substance of 1 mol and R = k NA =
8 314 472(15) J mol�1 K�1 is the molar Gas constant
(numerical values for NA, R, k, and all other physical con-
stants used in this chapter are from CODATA, 2006). For
solids, f = 6, corresponding to the three degrees of free-
dom of potential and kinetic lattice vibration energy in
each space direction. Accordingly, the heat capacity of
one mole of substance, the molar heat capacity at constant
volume is constant:

CV;mol ¼ 3kNA ¼ 3R ¼ 24:94 ðJ mol�1K�1Þ (4)

where NA = 6.022 141 79(30)� 1023 mol�1 is Avogadro’s
number, the number of molecules in one mole of sub-
stance, and R = k NA the molar gas constant. Isobaric heat
capacity CP,mol is larger than isochoric heat capacity CV,mol
because additional work is required for volume expansion.
Both are related by:

CP;mol ¼ CV;mol þ R ¼ f þ 2
2

R ðJ mol�1 K�1Þ: (5)

With C from Equation 4 and assuming, as above,
V,mol
f = 6 this yields:

CP;mol ¼ 3Rþ R ¼ 4R

¼ 33:26 ðJmol�1 K�1Þ; or :
CP;mol � CV;mol ¼ R:

(6)

Equation 4, the Dulong–Petit law, is satisfied well for

heavy elements. In contrast, molar heat capacities of ligh-
ter elements remain below this limiting value, the lower
the temperature the smaller CV,mol.

Below the Debye temperature,YD, heat capacity varies
with temperature.YD tends to zero as T3 as absolute tem-
perature approaches zero. YD falls in the range 85 K and
450K for most substances and 200K and 1 000K for most
minerals (Stacey and Davis, 2008; Table 1). Therefore,
heat capacity in the Earth can be well explained by classi-
cal Debye theory, in particular in the mantle and except for
a thin crustal layer near the Earth’s surface. There are,
however, exceptions such as beryllium (YD = 1 440 K)
and diamond (YD � 1 800 K). These are caused by the
so-called freezing of vibrational or rotational degrees of
freedom, which cannot absorb heat any more at low tem-
perature. Therefore heat capacity tends to zero close to
absolute zero.



Thermal Storage and Transport Properties of Rocks, I: Heat
Capacity and Latent Heat, Table 1 Debye temperatureYD and
mass number A of selected elements (Kittel, 2004)

Element Mass number A
YD
(K)

Carbon 6 2 230
Aluminum 13 428
Silica 14 645
Titanium 22 420
Chromium 24 630
Manganese 25 410
Iron 26 470
Nickel 28 450
Copper 29 343
Zinc 30 327
Silver 47 215
Cadmium 48 209
Tin 50 200
Tantalum 73 240
Tungsten 74 400
Platinum 78 240
Gold 79 165
Lead 82 105
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Isobaric and isochoric specific heat capacity
Specific heat capacity c of a substance is defined as heat
capacity C related to unit mass:

c ¼ DQ
MDT

¼ f
2
k
m

¼ f
2

k
Ar mu

J kg�1K�1
� �

; (7)

where mu = 1.660 538 782(83) � 10�27 kg is the atomic
mass constant, defined as 1/12 of the atomic mass of the
carbon isotope 12C, and Ar the atomic mass of
a substance relative to mu. Isobaric specific heat capacity
cP is larger than isochoric specific heat capacity cV
because additional work is required for volume expansion.
Their ratio, the adiabatic exponent, is:

cP=cV ¼ f þ 2ð Þ=f : (8)

Alternatively, isobaric specific heat capacity c can be
P
expressed by enthalpy H(T,P) = E + P V, a state function
of temperature and pressure, where E, P, and Vare internal
energy, pressure, and volume, respectively. In a closed
system, the change in internal energy dE is the sum of
the change in heat dQ and the work dW delivered: dE =
dQ + dW. If we only consider volume expansion work,
dW = �P dV, the change in enthalpy dH becomes:

dHðT;PÞ ¼ dEþ pdVþ VdP ¼ dQþ VdP

¼ @H
T

� �

P

dTþ @H
P

� �

T

dP:
(9)

Comparing coefficients, we obtain:
dQ
dT

¼ @H
@T

� �

P

¼: cP: (10)
Thus, Equation 10 defines isobaric specific heat capac-

ity cP as the first derivative of enthalpy with respect to
temperature. Comparison of Equations 7 and 10 shows
that both expressions are equivalent for dQ = DQ/M, and
the isobaric enthalpy change DH is equal to the specific
heat content DQ/M.

Isobaric and isochoric specific heat capacity are related to
compressibility b = DV/(VDP) and its inverse, incompres-
sibility or bulk modulus K = VDP/DV, by cP/cV = bT/bS =
KS/KT (e.g., Stacey and Davis, 2008), where subscripts
T and S refer to isothermal and adiabatic conditions, respec-
tively. Inserting the thermodynamic relation bT = bS + a2 T/
(r cP) (e.g., Birch, 1966) between isothermal and adiabatic
compressibility yields the relative difference between iso-
baric and isochoric specific heat capacity:

cP=cv ¼ 1þ agT; (11)

where a = DV/(VDT) is the volume expansion coefficient,

g ¼ aKS

rcP
¼ aKT

rcV
; (12)

the dimensionless Grüneisen parameter, and r density.
Inserting the expressions for a and K into Equation 12
yields:

g ¼ 1
rcP

DV
VDT

VDP
DV

¼ DP
rcPDT

: (13)

Thus the Grüneisen parameter g is the relative pressure

change in a material heated at constant volume.

For solids, i.e., f = 6, the absolute difference between
isobaric and isochoric specific heat capacity follows from
Equations 11 and 8:

cP � cV ¼ KTa2T
r

¼ 3KSa2T
4r

: (14)

For crustal rocks (g = 0.5; a = 20 mK�1; T < 103 K;

r = 2600 kgm�3; KS< 75GPa (Dziewonski andAnderson,
1981; Stacey and Davis, 2008)), the difference between iso-
baric and isochoric specific heat capacity is less than 9 J
kg�1 K�1 or 1% according to Equations 14 and 11, respec-
tively. Thus, the distinction between isobaric and isochoric
specific heat capacity is negligible for crustal rocks at tem-
peratures below 1000K. However, it need bemade for man-
tle rocks. From here on, “specific heat capacity” will always
refer to isobaric specific heat capacity, denoted simply by the
letter c without the subscript “P.”

This classical treatment of heat capacity is sufficient for
temperatures above the Debye temperature. In the Earth,
temperature exceeds the Debye temperature everywhere
except in the crust (Stacey and Davis, 2008). Therefore,
in experiments at room temperature and atmospheric pres-
sure, we observe deviations from the values predicted by
Equations 3–14, which are based on the classical
Dulong–Petit theory. The lower the temperature, lighter
the element, and stronger the lattice bonding become, the
larger are these deviations. Clearly, interpretation of heat
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capacity below the Debye temperature is beyond classical
mechanics and requires quantum mechanical treatment.
This is, however, beyond the scope of this text and inter-
ested readers are referred to standard physics textbooks
(e.g., Tipler and Mosca, 2007). Therefore heat capacity
at crustal temperatures should not be calculated from
Equations 3 and 14 but rather be measured or calculated
from appropriate, quantum mechanical equations.

Čermák and Rybach (1982) compiled data on isobaric
specific heat capacity for different rock-forming minerals
and different igneous, metamorphic, volcanic, and
sedimentary rocks as well as the corresponding variations
with temperature.
Measuring techniques
Specific heat capacity c can be measured directly or
derived as the isobaric derivative of enthalpy H with
respect to temperature. Specific heat capacity of rocks
varies with temperature, pressure, porosity, and saturants.
Accordingly, in situ values may deviate from laboratory
data according to temperature, pressure, and type and
content of pore fluid.

Numerous steady-state and transient calorimetric
methods are available for measuring specific heat capac-
ity. The most popular are mixing or drop calorimeters
and heat flux differential scanning (DSC) calorimeters.
The first method yields an absolute value; the second
one is a comparative method. All of these methods and
their details are discussed in the literature (e.g.,
Hemminger and Cammenga, 1989; Brown, 2001; Haines,
2002) to which interested readers are referred. The iso-
baric enthalpy change (or specific heat content) DH of
solids may be determined by the method of mixtures using
a Bunsen-type calorimeter, in which the unknown isobaric
enthalpy change of a sample relative to a base tempera-
ture, e.g., 25 �C, is compared to the corresponding known
isobaric enthalpy change of platinum (Kelley, 1960;
Somerton, 1992).
Calculated heat capacity
When no direct measurements can be performed, the iso-
baric enthalpy change and specific heat capacity of rocks
can be calculated according to Kopp’s law, Equation 15,
as the arithmetic mean of the individual mineralogical
and fluid contributions weighted by the volume fractions
ni of the N individual phases relative to total rock volume:

DH ¼
XN
i¼1

ni DHi; c ¼
XN
i¼1

ni ci; 1 ¼
XN
i¼1

ni: (15)

Based on data for various minerals (e.g., Kelley, 1960;

Berman and Brown, 1985; Somerton, 1992; Waples and
Waples, 2004), the isobaric enthalpy change DH or
specific heat capacity c can be computed fromEquation 15
for any rock consisting of an arbitrary number of minerals
with given volume fractions.
Temperature dependence
Derived from measured variation of isobaric enthalpy
change DH with temperature of various oxides, Kelley
(1960) suggested a second-order polynomial for fitting
DH from which cP = (@H/@T)P can be easily calculated.
Somerton (1992) and Clauser (2006) report DH and
c values of various rock-forming oxides and pore fluids.
An alternative approach is fitting heat capacity measured
at different temperatures directly to polynomials of various
degrees (e.g., Maier and Kelley, 1932; Berman and Brown,
1985; Fei and Saxena, 1987; Holland and Powell, 1996;
Robertson and Hemingway, 1995). Waples and Waples
(2004) provide a discussion of the various approaches.
The polynomial proposed by Berman and Brown (1985),

CP;mol ¼ k0 þ k1 T
�0:5 þ k2 T

�2 þ k3 T
�3ðT in KÞ; (16)

works over a large temperature range and yields no values
incompatible with the Dulong–Petit law for high temper-
atures. Table 2 lists values for the coefficients k0–k3 in
Equation 16 determined from fits of heat capacity of
selected minerals measured at different temperatures.

As an alternative, Waples and Waples (2004) propose
a statistical approach describing the general temperature
dependence of all rocks and minerals, which can be
rescaled easily for individual rocks and minerals. To this
end, measured specific heat capacity cP was normalized
by the corresponding normalizing value cP,n at 200 �C
(473.15 K), a temperature at or near which data was avail-
able. The resulting polynomial regressions yielded much
better coefficients of determination R2 for data measured
on nonporous rock (R2 = 0.93) than for those measured
on minerals (R2 = 0.62) while the trends were similar.
The regression on the combined data for minerals and
nonporous rocks yields an expression for the normalized
specific heat capacity of a mineral or nonporous rock at
arbitrary temperature Twith a coefficient of determination
R2 = 0.65:

cP;nðTÞ ¼ 0:716þ 1:72� 10�3 T� 2:13

� 10�6 T2 þ 8:95� 10�10 T3; ðT in �CÞ: (17)
Equation 17 can be rescaled for any mineral or
nonporous rock at any temperature T2 provided a value
CP(T1) measured at temperature T1 is available, for instance
from any of the compilations of Berman and Brown (1985),
Fei and Saxena (1987), Berman (1988), Holland and
Powell (1996), or Robertson and Hemingway (1995):

cPðT2Þ ¼ cPðT1Þ cP;nðT2Þ
cP;nðT1Þ : (18)

Additionally, Waples and Waples (2004) consider the

variation of specific heat capacity with lithology, where
interested readers find a specific discussion regarding
coals of different carbon content or maturity.

Mottaghy et al. (2005) used a second-order polynomial
in temperature to fit the variation of isobaric specific heat



Thermal Storage and Transport Properties of Rocks, I: Heat Capacity and Latent Heat, Table 2 Coefficients for calculating
isobaric molar heat capacity CP,mol (J mol�1 K�1) (From Equation 16, Berman, 1988)

Mineral
Chemical
composition

k0 k1 � 10�2 k2 � 10�5 k3 � 10�7

T (K)(J mol�1 K�1) (J mol�1 K�½) (J mol�1 K1) (J mol�1 K2)

Albite NaAlSi3O8 393.64 �24.155 �78.928 107.064 250–1 373
Almandine Fe3Al2Si3O12 573.96 �14.831 �292.920 502.208 420–997
Andalusite Al2SiO3 236.48 �11.029 �75.268 93.644 254–1 601
Anorthite CaAl2Si2O8 439.37 �37.341 0.0 31.702 292–1 373
Calcite CaCO3 178.19 �16.577 �4.827 16.660 257–1 200
Cordierite Mg2Al4Si3O18 954.39 �79.623 �21.173 �37.021 256–1 652
Corundum Al2O3 155.02 �8.284 �38.614 40.908 250–2 300
Dolomite CaMg(CO3)2 328.48 �25.544 �46.885 79.038 250–650
Enstatite (ortho) MgSiO3 166.58 �12.066 �22.706 27.915 254–1 273
Fayalite Fe2SiO4 248.93 �19.239 0.0 �13.910 255–1 370
Forsterite Mg2SiO4 238.64 �20.013 0.0 �11.624 253–1 807
Hematite Fe2O3 146.86 0.0 �55.768 52.563 258–1 757
Kaolinite Al2Si2O5(OH)4 523.23 �44.267 �22.443 9.231 256–560
Kyanite Al2SiO3 262.68 �20.014 �19.997 �6.318 252–1 503
Lime CaO 58.79 �1.339 �11.471 10.298 250–1176
Magnesite MgCO3 162.30 �11.093 �48.826 87.466 288–750
Magnetite Fe3O4 207.93 0.0 �72.433 66.436 257–1 825
Muscovite KAl3Si3O10(OH)2 651.49 �38.732 �185.232 274.247 257–967
Periclase MgO 61.11 �2.962 �6.212 0.584 250–1 798
Potassium feldspar KAlSi3O8 381.37 �19.411 �120.373 183.643 250–997
Quartz SiO2 80.01 �2.403 �35.467 49.157 250–1 676
Sillimanite Al2SiO5 256.73 �18.827 29.774 25.096 253–1 496
Sphene CaTiSiO5 234.62 �10.403 �51.183 59.146 255–1 495
Spinel MgAl2O4 235.90 �17.666 �17.104 4.062 256–1 805
Talc Mg3Si4O10(OH)2 664.11 �51.872 �21.472 �32.737 250–639
Wollastonite CaSiO3 149.07 �6.903 �36.593 48.435 251–1 433
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capacity with temperature measured on a suite of meta-
sedimentary, volcanic, magmatic, and metamorphic rocks:

cPðTÞ ¼ A0 þA1T
1

þA2T
2ðcp in J kg�1K�1;1 �C � T� 100 �CÞ:

(19)

The average values for the coefficientsA –A determined
0 2
from a regression of cP(T) measured over a temperature
range of 1 �C–100 �C on 26 samples from seven boreholes
are: Ā0 = 0.074717725 J kg�1 K�1; Ā1 = 1.862585346 J
kg�1 K�2; Ā2 =�2510.632231 J kg�1 K�3.

Based on a composition of 30% quartz, 60% feldspar
(albite), and 10% phyllosilicates (5% phlogopite, and
5% annite), Whittington et al. (2009) suggest average
“bulk crustal” molar specific heat capacity equations
based on end-member mineral data for two temperature
ranges, separated by the transition at 846 K (~573 �C)
between a- and b-quartz:

CP;molðTÞ ¼
199:50þ 0:0857T� 5:0� 106T2; T � 846K

229:32þ 0:0323T� 47:9� 10�6T2; T > 846K

(
;

ðCP;mol in J mol�1K�1Þ:
(20)
Assuming an average molar mass of 0.22178 kg mol�1,

this yields the variation of isobaric specific heat capacity
cP with temperature shown in Figure 1.

Volumetric heat capacity: thermal capacity
When heat capacity is related to unit volume rather than to
unit mass or unit amount of substance, it is referred to as
volumetric heat capacity or thermal capacity. It can be
calculated as the product of specific heat capacity c and
density r or as the ratio of thermal conductivity l and
thermal diffusivity k by

rc ¼ l=k: (21)

Again, Kopp’s law yields the rock’s bulk thermal

capacity (r c)b as:

ðr cÞb ¼ ð1� fÞ ðr cÞs þ f
XN
i¼1

Si ðrcÞi; (22)

where f is porosity, (r c)s thermal capacity of the rock
skeleton, Si fractional saturation, and (r c)i thermal capac-
ity of the ith fluid phase in the pore space. The skeleton
thermal capacity itself may be calculated again from
Kopp’s law for a given mineral assemblage and the
corresponding volume fractions of the solid phase from
Equation 15. Because of the low density of air and gas –
about three orders of magnitude lower than that of water
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and rock – the contribution of the gas phase to thermal
capacity can often be ignored. In this case, N = 2 for the
fluid phases water and oil or N = 1 for water only. Expres-
sions for the density of various fluids are reported in
Clauser (2006). Data on density of various minerals and
rocks are listed, e.g., in Wohlenberg (1982a,b) or Olhoeft
and Johnson (1989). Using Equations 17 and 18, Waples
and Waples (2004) analyzed a substantial collection of
density and specific heat capacity data from various
authors and transformed specific heat capacity and ther-
mal capacity to a uniform reference temperature of 20 �C
(Table 3).

The mean thermal capacity of “impervious” rocks was
found at 2.300(46) MJ m�3 K�1 by Roy et al. (1981). This
is acceptably close to the mean of 2.460(65) MJ m�3 K�1

found by Waples and Waples (2004) for inorganic
minerals.

Based on density, specific heat capacity, and thermal con-
ductivity measured at room temperature, Mottaghy et al.
(2005) determined thermal capacity as inverse slope of
a regression of diffusivity on thermal conductivity according
to Equation 21.All values fell well within�20%of the aver-
age of 2.3 MJ m�3 K�1 recommended by Beck (1988).

Mottaghy et al. (2008) determined average values for
thermal capacity according to Equation 21 for metamor-
phic and magmatic crystalline rocks as the inverse slope
of a linear regression of values of thermal diffusivity
versus thermal conductivity measured at temperatures in
the range 20 �C–300 �C:

kðTÞ ¼ lðTÞ
mþ nT

; ðT in �CÞ; (23)
Regression of data measured on seven samples

collected along a profile crossing the Eastern Alps from
north to south and on nine samples from the northern
rim of the Fennoscandian Shield near the Kola ultra-deep
borehole SG-3 yielded m = 20 66(70) kJ m�3 K�1, n = 2.2
(4) kJ m�3 K�2, R2 = 0.97 and m = 2404(91) kJ m�3 K�1,
n = 3.6(5) kJ m�3 K�2, R2 = 0.92, respectively. This yields
a range of thermal capacity for the Alpine and
Fennoscandian data of about 2.1 MJ m�1 K�1–
2.7 MJ m�1 K�1 and 2.4 MJ m�1 K�1–3.5 MJ m�1 K�1,
respectively, in the temperature range 20 �C–300 �C.

The product of an average density of 2 700 kg m�3 for
the crust and isobaric specific heat capacity calculated for
an average molar mass of 0.22178 kg mol�1 according to
Equation 20 (Whittington et al., 2009) yields the variation
of thermal capacity r cP (Equation 21) with temperature
shown in Figure 1. Its increase with temperature by about
a factor of 1.7 in a temperature interval of 1 000 K demon-
strates that the effect of temperature is stronger for the pho-
non component of thermal diffusivity k than for phonon
thermal conductivity lp due to the increase of specific heat
capacity. Assuming a constant density throughout the crust
implies that the increase and decrease in density due to the
increase in pressure and temperature, respectively, partly can-
cel each other and that these changes are small compared to
those of specific heat capacity and thermal diffusivity.
Latent heat
Solidification of magma and melting of rocks as well as
freezing and thawing of water in soils or rocks liberates
or consumes heat, respectively. The like applies to mineral
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phase changes such as those associated with the seismic
discontinuities at 410 km, 520 km, and 660 km in the tran-
sition zone from 400 km–600 km between the upper and
lower mantle. These mineral phases are chemically identi-
cal but differ with respect to crystal structure and therefore
elastic properties. This is why this transition is seen in the
seismic wave field. Phase transitions require a certain
pressure P and temperature T, but also a specific relation
between these two state variables expressed by the
so-called Clapeyron slope dP/dT = DS(P,T)/DV(P,T) (the
inverse of the Clausius–Clapeyron equation), where
S and V are entropy and volume, respectively. This
means that the depth where a certain phase transition
occurs varies with the ambient temperature in the crust.
Thermal Storage and Transport Properties of Rocks, I: Heat Cap
specific heat capacity cP and latent heat of melting L of granite, b
2008, supplemented)

Granite Basalt S

cP (kJ kg
�1 K�1) 0.83 0.88 3

L (kJ kg�1) 420 420 3

Thermal Storage and Transport Properties of Rocks, I: Heat
Capacity and Latent Heat, Table 3 Typical values or ranges for
density r, isobaric specific heat capacity cP, and thermal
capacity r cP of selected rocks at 20�C (Waples and Waples,
2004; Petrunin et al., 2004)

Rock
r cP r cP
(kg m�3) (J kg�1 K�1) (kJ m�3 K�1)

Albite 2 540–2 560 755–780 1 922–1 991
Amphibole 3 010 700–1134 2 110–3 410
Anhydrite 2 950–2 960 590–940 1 740–2 780
Anorthite 2 740 800 2 202
Basalt 2 870 880–900 2 526–2 583
Clay 2 680 860 2 300
Coal 1 350 1 300 1 760
Diabase 2 790 731–860 2 040–2 400
Dolomite 2 800 900 2 520
Gabbro 2 970–3 000 650–1 000 1 950–2 970
Gneiss 2 700 770–979 2 080–2 640
Granite 2 620–2 650 600–1172 1 590–3 070
Gypsum 2 370 1 010 2 390
Limestone 2 760–2 770 680–880 1 880–2 430
Peridotite 2 740–3 190 705–1 005 1 930–3 210
Pyroxenite 3 190–3 240 660–1 000 2 140–3 190
Quartzite 2 640 731–1 013 1 930–2 670
Rock salt 2 160 880 1 900
Sandstone 2 640 775 2 050
Schist 2 770–2 900 790–1 096 2 190–3 180
Serpentinite 2 270–2 540 730–1 005 1 660–2 550
Siltstone 2 680 910 2 449
Slate 2 770–2 780 740–1113 2 060–3 080
Syenite 2 820 460 1 300
Talc 2 780 1 000 2 780
Tuff 2 750 1 090 3 000
Positive and negative values for the Clapeyron slope are
associated with exothermic and endothermic reactions,
respectively.

Phase changes generally consume or deliver much
more latent heat than can be stored or delivered as sensible
heat: It requires a temperature increase ofmore than 500K to
equal by sensible heat the amount of latent heat required
to melt 1 kg of granite, and still an increase of more than
80 K to equal by sensible heat the amount of latent heat
required to melt 1 kg of sea ice (Table 4).

The discontinuity at 410 km is generally associated with
the transition in olivine from a-olivine to b-spinel, also
named wadsleyite (e.g., Stacey and Davis, 2008). At
expected pressure and temperature of 14 GPa and
1,600 K, respectively, corresponding values for the
Clapeyron slope vary between 2.9 MPa K�1 and
4.8 MPa K�1 (Bina and Helffrich, 1994; Katsura et al.,
2004; Stacey and Davis, 2008). The discontinuity at
520 km is associated with the transition from b-spinel
(wadsleyite) into g-spinel, also named ringwoodite (e.g.,
Stacey and Davis, 2008). At an expected pressure of
18 GPa, a temperature increase, such as by an ascending
plume, would require a higher pressure for this transition
according to inferred Clapeyron slopes of 4.0 MPa K�1–
5.3 MPa K�1 (Helffrich, 2000; Deuss and Woodhouse,
2001). A second transition occurs between garnet and cal-
cium-perovskite (CaSiO3), where the iron in garnet goes
into Ilmenite, and its CaSiO3-component into calcium-
perovskite. This reaction has a negative Clapeyron slope.
The two slopes of different sign may shift the depth for
two transitions into opposite directions, which is observed
as a splitting of the 520 km discontinuity. The discontinu-
ity at 660 km defines the transition into the lower mantle. It
is caused by the transition of g-spinel (ringwoodite) into
magnesium-perovskite (MgSiO3) and ferrous periclase
(magnesiowüstite, (Fe,Mg)O). At an expected pressure
of 23.5 MPa, this endothermic transition is associated
with a Clapeyron slope of � 2.8 MPa K�1 (Stacey and
Davis, 2008).

The latent heat L that corresponds to these additional
heat sources and sinks can be elegantly combined with the
specific sensible heat capacities of the liquid and solid rock,
cl and cs, respectively, into an effective bulk specific heat
capacity ceff. This effective specific heat capacity then
accounts for the entire enthalpy change, including latent
heat. In this approach, the latent heat effects are assumed
to occur between the solidus and liquidus temperatures T1
and T2, respectively. The heat liberated by a solidifying
acity and Latent Heat, Table 4 Comparison of isobaric
asalt, seawater, and freshwater (Stacey and Davis,

eawater Freshwater Dry air (15�C, 1 atm)

.99 4.18 1.006
35 333.55 196
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(“freezing”) liquid phase is obtained by weighting by the
volume fractions of liquid and solid phases, fl and fs,
respectively. The enthalpy change of the rock volume then
becomes dHfreezing = (fl cl + fs cs) dT + L dfl, and the
effective heat capacity ceff is:

cfreezingeff ¼ dH
dT

¼ fl cl þ fs cs þ L
dfl

dT
: (24)

Conversely, when considering melting the solid phase,

the enthalpy change of the rock volume is dHmelting = (fl cl
+ fs cs) dT + L dfs, and the effective heat capacity in this
case ceff is:

cmelting
eff ¼ dH

dT
¼ fl cl þ fs cs þ L

dfs

dT
: (25)
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Synonyms
Heat conductivity; Thermal conductivity; Thermal
diffusivity

Definition
Thermal conductivity (also: heat conductivity) l: Physical
property governing heat diffusion in the steady state. It
defines how much heat flows across a unit cross section
of rock along a unit distance per unit temperature decrease
per unit time; dimension: W m�1 K�1.
Thermal diffusivity k: Physical property governing tran-
sient heat diffusion. It is defined by the ratio of thermal
conductivity and thermal capacity, i.e., by the ratio of heat
flowing across the face of a unit volume and the heat
stored in the unit volume per unit time; dimension: m2 s�1.

Thermal conductivity
Fourier’s law of heat conduction defines the vector of
specific heat flow qi, i.e., heat flow normalized by area,
as the product of the thermal conductivity tensor lij and
the temperature gradient vector @T/@xj:
qi ¼ � lij
@T
@ xj

: (1)

Temperature measurements are usually performed

along vertical profiles in boreholes, yielding only the
vertical component of the temperature gradient. Thermal
conductivity in some rocks is, to a good approximation,
isotropic, particularly in volcanic and plutonic rocks. Then
heat will flow predominantly vertically, and it is sufficient
to consider only the vertical component of Equation 1. In
contrast, thermal conductivity of many sedimentary and
metamorphic rocks is strongly anisotropic, and lateral heat
flowmay be significant. Hence, information on anisotropy
is often required, demanding laboratory measurements in
different directions. Anisotropy occurs over a wide range
of scales, from microscopic, over laboratory and macro-
scopic, to tectonic.

Heat transport in most of the Earth’s crust and mantle is
diffusive and caused by (1) scattering of quantized lattice
vibrations, the phonons, and (2) by diffusive (as opposed
to ballistic) radiation of photons. These two processes
are described by phonon thermal conductivity lp and radi-
ative thermal conductivity, lr, respectively, the sum of
which is often termed effective thermal conductivity, leff.
In most polycrystalline material heat radiation starts to
dominate at temperatures above 2 500K. In single crystals
and glasses with little or no scattering (e.g., obsidian),
however, radiation may become important at much lower
temperatures of 500 k–1 000K. In the metallic core,
scattering of electrons provides a third heat transfer mech-
anism (Figure 1).

The following text deals mostly with phonon thermal
conductivity. Radiative heat transfer is discussed in the
paragraph on radiative thermal conductivity and in the
chapter on thermal diffusivity.

Measuring techniques
Thermal conductivity can be measured in the laboratory
on rock samples, i.e., cores or cuttings or in situ either in
boreholes or with shallow penetration (3m–20m) marine
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heat flow probes. There are numerous steady-state and
transient techniques available for measuring thermal con-
ductivity, the most prominent being the “divided bar,”
“needle probe,” “optical scanning,” and “(laser) flash,”
all of which are suitable to determine also the anisotropy
of thermal conductivity. These methods are described in,
for instance, Parker et al. (1961), Kappelmeyer and Haenel
(1974), Beck (1988), Davis (1988), Somerton (1992),
Schilling (1999), Popov et al. (1999b), Beardsmore and
Cull (2001), and Blumm and Lemarchand (2002). Among
these techniques, the transient ones are also suitable for
determining thermal diffusivity.

As with most other petrophysical properties, in situ
thermal conductivity may deviate significantly from labo-
ratory values, even if the effects of temperature, pressure,
and pore fluid are accounted for. This scale dependence
involves different aspects: In situ measurements represent
an average over a much larger rock volume than labora-
tory measurements performed on small samples, and can-
not resolve small-scale variations. A subsequent upscaling
may be necessary to identify the appropriate representa-
tive elementary volume (REV) for which reasonable trans-
port parameter averages can be defined.
Indirect methods
When no data are available or no direct measurements
can be performed, thermal conductivity can be inferred
indirectly, either from mineralogical composition and
saturating fluids or from correlations with other phys-
ical properties. While some of these methods are based
on well-defined physical models, others are purely
empirical.

Estimation from mineralogical composition and satu-
rating fluids: Thermal conductivity of rocks may be esti-
mated from their mineral and fluid content. Thermal
conductivity of minerals varies much less than in rocks,
due to their well-defined composition. As the bulk ther-
mal conductivity of porous rocks varies with different
saturants, it may be also of interest to know rock ther-
mal conductivity for other saturants than those used in
the laboratory measurement. Numerous models based
on volume fractions of the individual mineral and fluid
phases have been proposed, all with specific advantages
and disadvantages: Some overestimate while others
underestimate systematically the true bulk thermal
conductivity. Most of them are valid only within
a specific range of volume fractions (or porosities)
and yield unreasonable results outside. To overcome
this problem, additional parameters may be introduced
in order to incorporate rock structure into a mixing
law (see below).

The parallel and series models for thermal resistance of
layered media are easy to understand, but have the disad-
vantage of being rather special cases, applicable mostly
to bedded sediments. They correspond to the well-known
weighted arithmetic and harmonic means, lari and lhar,
Equations 2a and b, and are related to heat flowing parallel
or perpendicular to bedding, respectively. They define
upper and lower limits for all other models, sometimes
also referred to as the Voigt upper bound and Reuss lower
bound, respectively. Thus they constrain the maximum
variance of possible predictions. The arithmetic mean
between the two is known as the Voigt-Reuss-Hill aver-
age, lVRH (Equation 2c). It is useful for estimating an
effective thermal conductivity, while the arithmetic and
harmonic means are used to define a range for possible
values.

The weighted geometric and square root means lgeo
and lsqr (Equations 2d and e; e.g., Beardsmore and
Cull, 2001), respectively, are associated with a mixture
of different fluid and mineral phases of unspecified
geometry. In many cases, both means successfully
explain the data and are therefore widely used for lack
of more specific information on the geometric arrange-
ment of the individual volume fractions. In the special
case where N = 2 and n1 = n2 = 0.5, the arithmetic, har-
monic, and geometric means are related by
lgeo ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
lari lhar

p
:

Effective medium theory (Bruggeman, 1935) provides
the effective medium mean leff (Equation 2f) which is
useful for macroscopically homogeneous and isotropic
rocks consisting of randomly distributed grains and pores.

The upper and lower Hashin-Shtrikman bounds lUHS
and lLHS (Equation 3, Hashin and Shtrikman, 1962),
respectively, provide tighter constraints for the predictions
of different models other than the arithmetic and harmonic
means. The arithmetic average of both defines the Hashin-
Shtrikman mean (Equation 2g). Geometrically, the lower
Hashin-Shtrikman bound lLHS corresponds to a rock model
consisting of grains suspended in a fluid and is closely
followed by the geometric mixing law. In contrast, the
square root law is very close to the upper Hashin-
Shtrikman bound lUHS and could be related to a well-
lithified rock with spherical, fluid-filled pores. Figure 2
illustrates the geometries corresponding to all of these
models.

If li denotes the thermal conductivity and ni the volume
fraction of the ith phase relative to the total volume
(1 =

P
ni), these seven weighted means are defined by:

ðaÞ lmax ¼ lari ¼ ljj ¼
XN
i¼1

ni li;

ðbÞ lmin ¼ lhar ¼ l? ¼
XN
i¼1

ni
li

 !�1

;

ðcÞ lVRH ¼ 1

2
ljj þ l?
� �

; ðdÞ lgeo ¼
YN
i¼1

lnii ;

ðeÞ ffiffiffiffiffiffiffi
lsqr

p ¼
XN
i¼1

ni
ffiffiffiffi
li

p
; ð f Þ l�1

eff ¼
XN
i¼1

3 ni
2 lþ li

;

ðgÞ lHS ¼ 1

2
lUHS þ lLHS
� �

;

(2)



λhar=λ⊥=λmin λHS≈λgeo
L

λHS≈λsqr
U

λ
ari =λ

|| λ
m

ax

λ1

λ1

λfluid

λfluid

λsolid

λsolid

λ2

λ2

λeff

λ3

λ3

λ4

λ4
λ5

λ5

λ5

Thermal Storage and Transport Properties of Rocks, II: Thermal Conductivity and Diffusivity, Figure 2 Geometrical arrangement
of layers, mineral grains, and pores assumed in different models for calculating mean bulk thermal conductivity of a composite
medium: arithmetic (lari), harmonic (lhar), geometric (lgeo), square root (lsqr), Hashin-Shtrikman upper (lUHS ) and lower (lLHS ) bounds,
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where:

lUHS ¼ lmax þ Amax

1� amax Amax
;

with: Amax ¼
XN

i¼1; li 6¼lmax

ni
amax þ 1 ðli � lmaxÞ=

;

lmax ¼ maxðl1; ::; lN Þ; amax ¼ 1
3 lmax

lLHS ¼ lmin þ Amin

1� amin Amin
;

with: Amin ¼
XN

i¼1; li 6¼lmin

ni
amin þ 1 ðli � lminÞ=

;

lmin ¼ minðl1; ::; lN Þ; amin ¼ 1
3 lmin

:

(3)

For a two-component system consisting of pore fluid

and solid rock with thermal conductivities lf and ls,
respectively, Equation 3 simplifies to (Hashin and
Shtrikman, 1962; Horai, 1971):

lUHS ¼ ls þ f
1

lf �ls
þ 1�f

3 ls

; lLHS ¼ lf þ 1� f
1

ls�lf
þ f

3 lf

: (4)

Generally, for a two-component system consisting of

pore fluid and solid rock with thermal conductivities lf
and ls, respectively, the implicit definition of leff in
Equation 2f can be resolved:

leff ¼ 1

4

(
3 f lf � ls
� �þ2 ls � lf

þ
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
9 f2 l2s þ 18 f ls lf � 18 f2 ls lf � 12 f l2s

þ l2f � 6 f l2f þ 4 ls lf þ 9 f2 l2f þ 4 l2s :

vuut
)
:

(5)
Figure 3 compares the variation of thermal conductivity
of a two-component system with volume fraction for these
different mixing laws defined by Equations 2–5. By and
large, and in particular for such a two-component system,
thermal conductivity of a multiphase rock determined
according to these models can be ordered as:

l? ¼ lhar < lLHS < lVRH < lgeo < lHS < leff

< lsqr < lUHS < lari ¼ ljj:
(6)
While only these nine models are presented and
discussed here, various other mixing models are available
which take into account additional factors, such as the
shape of grains and voids. Several models assume spheroi-
dal pores specifying the aspect ratio of the spheroids
(Korvin, 1978, 1982; Schulz, 1981; Zimmerman, 1984,
1989; Buntebarth and Schopper, 1998; Popov et al.,
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2003). These models require information on the geometry
of the internal rock structure and differ in the way of averag-
ing over a representative elementary volume. Horai (1991)
tested the results of predictions from several different
mixing models on a remarkable data set in which porosity
virtually varies from 0% to 100%. As can be expected,
most of the models tested were valid only for certain poros-
ity ranges. Only the two-phase models of Fricke-
Zimmerman (Fricke, 1924; Zimmerman, 1989) and Schulz
(1981) treating pores as spheroidal inclusions in
a homogeneous and isotropic material are valid over the
entire range of porosity. However, they require additional
information on the spheroids’ aspect ratio or orientation.
Given the typical ratios of rock and fluid conductivities
we observe in nature, i.e. less than 10, most of the con-
ductivity models tested work to within an accuracy of
10%–15%.

Based on 1 325 individual measurements on sedimen-
tary rocks and oceanic basalts in dry and saturated condi-
tion (ldry, lsat), Figure 4 compares the variation of the ratio
ldry/lsat with porosity measured with that predicted by
the arithmetic, upper Hashin-Shtrikman, square root, geo-
metric, lower Hashin-Shtrikman, and harmonic mixing
laws, lari, lUHS, lsqr, lgeo, lUHS, and lhar, respectively
(Equations 2–4). It is evident that no single mixing law
applies equally well to all rock types. But it appears that
the geometric and square root model, on average, provide
the best general fits to the data. It is also clear that the
upper and lower Hashin-Shtrikman means, lLHSand lUHS,
provide much tighter bounds than the arithmetic and har-
monic means, lari and lhar, respectively.

Correlations with other physical properties: Physical
properties measured in well-logs can be used to infer esti-
mates for in situ thermal conductivity. The approach is
based on an extension of the mixing-model approach to
the borehole scale: The volume fractions ni of the
N different mineral (or fluid) phases are either taken
directly from induced gamma ray spectroscopy logs
(Williams and Anderson, 1990) or determined from
a joint analysis of a suitable number J of geophysical logs,
such as gamma ray (GR), sonic slowness (DT, the inverse
of velocity), gamma density (DEN), and neutron porosity
(NPHI) (e.g., Hartmann et al., 2005; Goutorbe et al.,
2006). Let x and b be vectors composed of the
N volume fractions ni and the J theoretical log responses
Rj with respect to the N different phases, respectively.
Then, each element Rj of vector b is the cumulative
response of the jth log to all phases weighted by their
volume fractions:

Rj ¼
XN
i

niR
j
i ; where:

XN
i

ni ¼ 1; and

x ¼ ½n1; . . . ; nN 	T ; b ¼ ½R1; . . . ;RJ 	T :
(7)
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U
HS, lsqr, lgeo, l

L
HS, and lhar, respectively (Equations 27–29) (Clauser, 2006).

THERMAL STORAGE AND TRANSPORT PROPERTIES OF ROCKS, II: THERMAL CONDUCTIVITY AND DIFFUSIVITY 1435
The rows of matrix A contain the specific responses of
each log to the N rock phases:

A ¼
R1
1 � � � R1

N

..

. . .
. ..

.

RJ
1 � � � RJ

N

2
64

3
75; (8)
and the direct and inverse problems can then be written as

Ax ¼ b and x ¼ A�1 b; (9)

respectively. Thus, in the direct problem, the log response
vector b is computed from the volume fraction vector x
and the specific log response matrix A. In contrast, in
the inverse problem, the volume fractions x are computed
from the log responses b and the inverse of the specific
log response matrix, A�1. Thus, for N solid rock constit-
uents, solving the inverse requires N � 1 logs. Porosity
does not count here, because it follows as the differ-
ence of one and the sum of the solid rock volume
fractions. If more logs are available, making the problem
over-determined, the inverse problem can also be solved
in a least-squares sense. Once the volume fractions are
known and assigned appropriate thermal conductivities,
an appropriate mixing model can applied to compute
rock thermal conductivity. Generally, the geometric and
square root means, Equations 2d and e, often have turned
out useful, but other mixing models may be appropriate in
specific cases.

Assigning representative thermal conductivities to
the solid rock constituents is not trivial. Tabulated
values of rock thermal conductivity should be used only
if they characterize specimens from the logged forma-
tions. In all other cases, these formations or their out-
crops need to be sampled and these specimens tested
in the laboratory. If measurements are performed at
ambient conditions, the values need to be corrected
for the effect of temperature, and in some cases for
pressure as well.

In general, the effect of temperature is more pro-
nounced than that of pressure. However, for greater depth
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and little or less consolidated rocks it also needs to be
accounted for. If commercial log interpretation software
is used to perform the inversion, the theoretical log
responses R j

i with respect to the different rock constituents
are usually supplied by the software. Alternatively, values
for the theoretical log responses Rj can be obtained from
the literature (e.g., Crain, 1986).
Thermal conductivity of minerals and rocks
Thermal conductivity ofminerals ismuch better constrained
than that of rocks, due to the well-defined crystal structure
and chemical formula for each mineral. Substantial collec-
tions of mineral thermal conductivities were compiled
by Birch (1942), Clark (1966), Horai and Simmons
(1969), Dreyer (1974); Roy et al. (1981), Čermák and
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Huenges (1995), and Clauser (2006).

Rocks are less well defined. In fact, rock type is a rather
poor descriptor for physical properties as it rarely charac-
terizes the dominating factors for any given property. With
respect to thermal conductivity, these comprise mineral
content, porosity, pore fluid, saturation, and anisotropy
for each rock type. As these factors are variable for each
rock, the variation of rock thermal conductivity was char-
acterized in a statistical manner in Clauser (2006, 2009)
according to the four main diagenetic classes of rocks:
sedimentary, volcanic, plutonic, and metamorphic. This
discussion is summarized here.

For sedimentary rocks (Figure 5a), thermal conductiv-
ity is mainly controlled by porosity and sediment type.
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etamorphic rocks (Clauser, 2009).
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For volcanic rocks (Figure 5b), porosity is the controlling
factor on thermal conductivity: Both mean and median
of the high- and low-porosity histograms differ by nearly
a factor of two, and the high-porosity distribution
is skewed toward low conductivities. Plutonic and meta-
morphic rocks are generally much less porous. Here, the
controlling factor is the dominant mineral phase. For plu-
tonic rocks (Figure 5c), the feldspar content determines
the shape of the histogram: Rocks with a high feldspar
content (i.e., >60%) display a nearly symmetrical con-
ductivity distribution about a lower mean conductivity
than rocks with low feldspar content. In spite of these dif-
ferences, the means and medians for both distributions
are nearly identical. For metamorphic rocks (Figure 5d),
it is the quartz content which controls thermal conductiv-
ity: Both mean and median of the distributions for high
and low quartz content differ by nearly a factor of two,
similar as for volcanic rocks (Figure 5b) with regard to
porosity. While the histogram for high quartz content
rocks (mostly quartzites) is nearly symmetrical, the low
quartz content histogram is strongly skewed toward low
conductivities.
Radiative thermal conductivity
In addition to heat conduction, heat radiation emitted from
hot bodies propagates through a sufficiently transparent
and little absorbing medium as electromagnetic waves
with velocity

cm ¼ c0=n ¼ Lmnm; (10)

where Lm and nm are radiation frequency and wavelength
in the medium, and n = c0/cm is the ratio of the speed of
light in vacuum and in the medium, i.e., the real part of
the index of refraction (Table 1).
Thermal Storage and Transport Properties of Rocks, II:
Thermal Conductivity and Diffusivity, Table 1 Refractive
index n of selected substances

Substance n = c0/cm (at 589 nm)

Air 1.0003
Water(H2O) 1.33
Magnesium fluoride (MgF2) 1.38
Calcium fluoride (CaF2) 1.43
Rock salt (NaCl) 1.54
Quartz (SiO2) 1.54
Glass 1.5–1.6
Carbon disulfide (CS2) 1.63
Corundum (Al2O3) 1.76
Zircon (ZrSiO4) 1.92
Sulfur (S) 2.00
Sinc sulfide (ZnS) 2.37
Diamond 2.42
Carborundum (SiC) 2.55
Rutile (TiO2) 3.10
Galena (PbS) (@ 590 nm) 3.90
Radiation theory is based on Planck’s distribution law
defining the spectral radiance LL or Ln of a black body
in the wavelength or frequency interval dLm or dnm in
the medium in terms of the corresponding wavelength or
frequency in vacuum, respectively:

LLðLm;TÞ dLm¼ 2hc20 n
2ðL;TÞ

L5 ehc0 ðLk TÞ= �1ð ÞdL

ðWm�2 sr�1 m�1 ¼Wm�3 sr�1Þ;

Lnðnm;TÞ dnm¼ 2hn3n2ðn;TÞ
c20 ehn ðk TÞ= �1ð Þdn

ðWm�2 sr�1 Hz�1¼Wsm�2 sr�1Þ;
(11)

where, h = 6.626 068 96(33)� 10�34 J s is the Planck con-
stant, k = 1.380 6504(24) � 10�23 J K�1 the Boltzmann
constant, and dL = n dLm. Radiance is the radiant energy
flux emitted per unit solid angle in a given direction per
unit projected area of a source. According to Wien’s dis-
placement law, the maximum of spectral radiance
increases with temperature and decreases with wavelength
(or increases with frequency) of radiation. Hofmeister
(2005) estimated the variation of n(n,T) with temperature
and frequency and found both to be very small suggesting
that n is approximately constant in the visible frequency
range.

The intensity of radiation, I, is related to the incident
intensity, I0, radiation path, x, and opacity, e, by I = I0
exp(�e x), where opacity e = 1/‘ is the reciprocal
mean free path ‘ of radiation. It defines the average travel
distance of photons before being absorbed or scattered. In
general, opacity is a function of the radiation wavelength.
Opacity in an absorbing and scattering medium comprises
contributions from both of these processes:

e ¼ aþ B; (12)

where a and B are absorption and scattering coefficients,
respectively. The scattering coefficient B is usually identified
with the inverse grain size, suggesting orders of
magnitude ranging from 102m to 106m�1. The absorption
coefficient a may be as large as a = 7,000m�1, but values
below a = 1 500m�1 are reported for absorption
coefficients in single crystal olivines with different
proportions of forsterite (Mg2SiO4) and fayalite
(Fe2

2+SiO4) (Fo94Fa6 – Fo86Fa14) in the two pass bands
at 0.5mm and 0.5mm–6.0mm (e.g., Shankland et al.,
1979; Clauser, 1988; Hofmeister, 2005). The width
and level of these pass bands depend critically on the iron
content in theminerals. The complex index of refraction of
all materials, m, is defined by m ¼ ffiffiffiffiffiffiffiffi

ermr
p ¼ n� i � k,

where er and mr are (complex) relative electrical per-
mittivity and relative magnetic permeability, respectively,
n = c0/cm is the real and k the imaginary part of the index
(sometimes also called extinction coefficient), and
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i ¼ ffiffiffiffiffiffiffi�1
p

is the imaginary unit. The absorption coefficient
a is related to the complex index of refraction k by

a ¼ 4 p k=L; (13)

where L is the radiation wavelength (Aronsson et al.,
1970).

Radiation therefore becomes important for rocks with
a larger free mean path of radiation corresponding
to smaller values of opacity or absorption coefficient
and scattering coefficient. This holds in particular at
larger wavelength, in the infrared part of the absorp-
tion spectrum’s transmission window between about
0.5mm–6.0 mm.

Radiated heat is diffused if photons emitted by mineral
grains are scattered or absorbed by neighboring grains. If
the mean free path of radiation, ‘, is small compared to
the distance to material discontinuities (such as grain
boundaries) and for moderate temperature gradients, i.e.,
no large anisotropy in the intensity of radiation, an effec-
tive thermal conductivity

leff ;ij ¼ lp;ij þ lr;ij (14)

replaces lij in Equation 1, where lp,ij and lr,ij are phonon
and radiative thermal conductivities, respectively.

Rosseland (1930) and Clark (1957) defined the radia-
tive thermal conductivity based on the temperature deriv-
ative of the spectral radiance of a blackbody. Following
practice in engineering, Hofmeister (2005) accounts in
this expression additionally for the emissivity Z � 1 of
a grainy material by applying the temperature derivative
and the subsequent integration to the product of emissivity
Z and spectral radiance Ln, yielding

lr ¼ 4 p
3

Z?

0

1
eðn; TÞ

q Zðn; TÞ Lnðn; TÞð Þ
qT

dn: (15)

Different practical expressions were derived depending

on which parameters can be assumed as independent of
temperature or frequency (see, e.g., Clark (1957);
Shankland et al. (1979); Schärmeli, 1982; Clauser, 1988;
Hofmeister, 1999, 2005; Hofmeister et al., 2009). Based
on grain size d and attenuation

A ¼ ln I0 � ln Itð Þ=d � a; (16)

where a is the absorption coefficient and I0 and It are inci-
dent and transmitted intensities, respectively, Hofmeister
(2005) suggests the following expressions for emissivity
and opacity:

Z ¼ 1� e�d aðnÞ ¼ 1� e� ln I0�ln Itð Þ; e ¼ 1þ d a
d

;

(17)

and estimates values for the product d a based on the inter-
face reflectivity R (%) between two neighboring grains.
Values for d a considered realistic for the mantle range
between 5 and 10 (corresponding to a range for
R between 0.07% and 0.05%) with a preferred value of
7 (R = 0.01%).

The “gray body” approximation assumes opacity and
emissivity as finite, constant, and independent of radiation
wavelength. If the real part of the refractive index, n, and
the spectral radiance, LL or Ln, are also independent of
temperature and wavelength, Equation 15 simplifies into:

lr ¼ 16Zs n2 T3

3 e
; (18)

where s = 5.670 400(40) � 10�8Wm�2 K�4 is the
Stefan-Boltzmann constant. An example of magnitude is
obtained when emissivity Z = 0.99 and opacity e is identi-
fied with the olivine (Fo92Fa8) absorption coefficient a at
1 700K (Equation 12, neglecting contributions from scat-
tering), with 1 000m�1 < a < 1 500m�1. Additionally,
a typical silicate value is assumed for the index of refrac-
tion, n = 1.6 (Table 1). This yields a range for radiative
thermal conductivity at 1 700K of 3.8Wm�1 K�1 >
lr > 2.5Wm�1 K�1.

Inserting Equations 16 and 17, and the temperature
derivative of the spectral radiance (11) as provided by
Shankland et al. (1979) into (15) yields radiative thermal
conductivity as:

lr ¼ 4 p d
3

Z?

0

1� e�d aðnÞ

1þ d aðnÞ
q Lnðn;TÞð Þ

qT
dn

¼ 8 p d nT3 k4

3 c20 h
3

X Zupper

lower

1� e�d aðnÞ

1þ d aðnÞ

� n ex x4þ
ex � 1

þ 2 T x3

ex � 1
qn
qT

� 	
dx ðWm�1 K�1Þ;

(19)

where x = hn/(k T) and dx = h dn/(k T), and the summa-
tion allows for the transparent regions above and below
the strong absorption bands in the visible part of the spec-
trum. The second term of the sum in the integrand van-
ishes if qn=qT � 0 as suggested by Hofmeister (2005).
Because a varies nonlinearly with frequency or wave-
length, and the cutoff frequencies in the integral in
(19) depend on d and a, Hofmeister (2005) evaluated
the integral numerically for polynomials in T whose
exponents ranged from 0 to 6, thus yielding other than
a purely cubic relationship between radiative thermal
conductivity and temperature.

Variation with temperature
Since the pioneering experiments of Eucken (1911), ther-
mal conductivity of minerals and rocks is known to
decrease with temperature, generally with its inverse.
Eucken’s empirical result was corroborated theoretically
by Peierls (1929) based on Debye’s (1914) theory of pho-
non scattering. Eucken (1911) observed in his experiments
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in contrast to crystals an increase in thermal conductivity
of amorphous siliceous glass, a clear indication of radia-
tive heat transfer.

The decrease is primarily due to the decrease of phonon
(or lattice) thermal conductivity lp with temperature and
to a smaller degree to thermal cracking. Since the thermal
expansion coefficient increases with temperature (but
differently for all minerals) differential expansion may
create contact resistances between mineral grains. The
effect of contact resistance is less pronounced in water-
saturated than in dry rocks, the condition in which most
rocks are tested at elevated temperatures. For single-
mineral aggregates, a linear relationship between temper-
ature and thermal resistivity, l�1, discriminates between
contributions which depend on temperature T and others
which do not, such as micro-cracks, grain boundaries,
shape, and orientation of crystals and their fragments:

l�1ðTÞ ¼ c1 þ c2 T ; (20)

where l is inWm�1 K�1 and T is in K. Bymeasuring ther-
mal conductivity l and plotting its inverse, thermal resis-
tivity, l�1, versus temperature, constants c1 and c2 are
obtained from intercept and slope of a linear regression.
Table 2 provides values for the constants c1 and c2 in
Equation 20 which may be used to infer the temperature
dependence of thermal resistivity for some single-mineral
aggregates (Clark, 1969).

Based on measurements on 113 samples of metamorphic
rocks from the KTB research borehole in Germany in the
temperature range 50 �C–200 �C, Buntebarth (1991) deter-
minedmean values for the constants c1 and c2 in Equation 20
for gneissic and metabasitic rocks. The arithmetic means
determined from measurements on 66 gneiss samples are
�c1 = 0.16(3)W�1mK and �c2 = 0.37(14) � 10�3W�1m.
The corresponding means determined from measurements
on 36 metabasite samples are �c1 = 0.33(3)W�1mK and
�c2 = 0.22(14) � 10�3W�1m.

In contrast to phonon conductivity lp, the radia-
tive contribution to thermal conductivity, lr, generally
Thermal Storage and Transport Properties of Rocks, II:
Thermal Conductivity and Diffusivity, Table 2 Values of c1
and c2 in Equation 20 for single-mineral aggregates; data:
Clark (1969)

Mineral T (�C)
c1 � 103

(W�1mK)
c2 � 103

(W�1m)

Halite, NaCl 0–400 �52.55 0.788
Periclase, MgO 100–800 �21.50 0.127
Corundum, Al2O3 100–800 �28.66 0.155
Quartz, SiO2

a 100–400 62.10 0.387
Spinel, MgAl2O4 100–1 000 19.11 0.122
Zircon, ZrSiO4 100–800 131.37 0.093
Forsterite, Mg2SiO4, 100–600 85.98 0.282
Enstatite, ferrosilite,
(Mg2,Fe2)SiO3

100–300 200.63 0.222

aSingle SiO2 crystal, heat flowing ⊥ to optical axis
increases with the cube of temperature (see above). Thus,
measurements of thermal conductivity as function of tem-
perature generally first exhibit a decrease with tempera-
ture until, from about 1 000 �C–1 200 �C onward, the
radiative component balances and sometimes even
reverses the decreasing trend.

The temperature dependence of rock thermal conduc-
tivity was characterized in a statistical manner in Clauser
(2006, 2009) according to the four main diagenetic classes
of rocks: sedimentary, volcanic, plutonic, and metamor-
phic. This discussion is summarized here (Figure 6).

For sedimentary rocks (Figure 6a) up to 300 �C there is
a reduction by nearly a factor of two, both for physical and
chemical sediments. Above 300 �C, the decrease in
thermal conductivity is less, but it is stronger for chemical
sediments than for physical sediments. However, there are
very few data for this temperature range, which makes this
last observation statistically weak. Above 300 �C, the
mean thermal conductivity of sediments varies between
1.0Wm�1 K�1 – 1.5Wm�1 K�1.

Volcanic rocks (Figure 6b) vary quite differently with
temperature depending on their opacity, i.e., on how well
they transmit thermal energy by radiation. Due to this
additional “radiative thermal conductivity,” volcanic
glasses and rocks with small iron content experience an
increase in thermal conductivity for temperatures above
800 �C–1 000 �C (e.g., Clauser, 1988; Hofmeister et al.,
2009). In contrast, thermal conductivity of conduction
dominated rocks, such as rocks with high iron content,
decreases with temperature. An inversion of this trend is
indicated by few available high-temperature measure-
ments (above 1 300 �C) but with too few measurements
for a statistical appraisal. At about 1 000 �C thermal
conductivity for these rocks is at about 50% of the
room-temperature value. Again, there are few data points
above 700 �C.

Plutonic rocks (Figure 6c) show no strong radiative
contribution. At temperatures above 600 �C, thermal con-
ductivity decreases only very little. However, in these
rocks the variation of thermal conductivity with tempera-
ture depends on their feldspar content. For rocks enriched
in feldspar, thermal conductivity decreases little up to
300 �C, while for those poor in feldspar the decrease is
stronger, becomingmore gentle above 300 �C, and spread-
ing an additional 20% over the next 1 000K. The different
behavior of rocks with high feldspar content is due to the
increase in thermal conductivity with temperature of some
plagioclase feldspars (e.g., Höfer and Schilling, 2002;
Petrunin et al., 2004) which compensates the decrease in
thermal conductivity with temperature observed for most
other minerals and rocks. Other notable exceptions are
fused silica as well as volcanic and silica glasses.

For metamorphic rocks (Figure 6d), the decrease of
thermal conductivity with temperature depends on the
content in a dominant mineral phase, similar as for plu-
tonic rocks. For quartzites, the decrease is strong, by
nearly a factor of three up to a temperature of about
500 �C with only a very mild further decrease beyond this
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Thermal Storage and Transport Properties of Rocks, II: Thermal Conductivity and Diffusivity, Figure 6 Variation of thermal
conductivity with temperature for (a) sedimentary, (b) volcanic, (c) plutonic, and (d) metamorphic rocks. Color shading
indicates a range defined by plus and minus one standard deviation and N is the number of data at each temperature
(Clauser, 2009).
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temperature. For rocks poor in quartz the decrease in con-
ductivity is not quite as strong, amounting to about
one third of the room-temperature value up to 300 �C.
Then it remains roughly constant up to 500 �C and
decreases again to about one third of the room-
temperature value up to 750 �C.

In summary, for moderate temperatures thermal con-
ductivity of rocks is well described by a linear relation-
ship with inverse temperature, similar as in Equation 20.
For this temperature range several approaches are avail-
able for inferring thermal conductivity at elevated tem-
peratures. Based on the analysis of available tabulated
data of thermal conductivity as function of temperature
Zoth and Hänel (1988) suggested the following form:
lðTÞ ¼ Aþ B
350þ T

ð0 �C � T � 800 �CÞ; (21)

where average values of the coefficients A and B for
different rock types are given in Table 3.

Linear relationships between temperature and thermal
resistivity, such as Equations 20 and 21, discriminate
between temperature-dependent contributions and other
factors, which are independent of temperature, such as
micro-cracks, grain boundaries, pore volume, mineralogi-
cal composition, shape, and orientation of crystals and
their fragments.

Sass et al. (1992) and Vosteen and Schellschmidt
(2003) distinguish between the effects of composition
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and temperature. They propose a general empirical rela-
tion for l(T), the thermal conductivity in W m�1 K�1 at
temperature T in �C, as a function of l0, the thermal con-
ductivity at 0 �C:

lðTÞ ¼ l0

aþ T b� c
l0


 � or
l0
lðTÞ

¼ a|{z}
intercept

þðb� c
l0
Þ

|fflfflfflffl{zfflfflfflffl}
slope

T
(22)

For different rock types, the slopes and intercepts of this

equation can be determined from linear regressions of
Equation 22 yielding amean intercept ā and its uncertainty
Da. Coefficients b and c and associated uncertainties
sb and sc are determined from a second linear regression
of the different slopes (b�c/l0) as a function of 1/l0
(Table 4).

Since thermal conductivity is usually measured at room
temperature, l0 is expressed as a function of l25, the room
temperature thermal conductivity, by Sass et al. (1992) for
crystalline rocks (felsic gneiss to amphibolite) as:

l0 ¼ l25 1:007þ 25 0:0037� 0:0074
l25

� �� �
: (23)
Thermal Storage and Transport Properties of Rocks, II:
Thermal Conductivity and Diffusivity, Table 3 Values for
constants A and B in Equation 21 for different rock types
(Zoth and Hänel, 1988)

Rock type T (�C) A (Wm�1K�1) B (Wm�1)

1. Rock salt �20 to 0 �2.11 2 960
2. Limestones 0–500 0.13 1 073
3. Metamorphic rocks 0–1 200 0.75 705
4. Acidic rocks 0–1 400 0.64 807
5. Basic rocks 50–1100 1.18 474
6. Ultra-basic rocks 20–1 400 0.73 1 293
7. Rock types (2)–(5) 0–800 0.70 770

Thermal Storage and Transport Properties of Rocks, II: Thermal C
Equation 22 and associated uncertainties Da and sb, sc; Da is the
regressions of the normalized thermal resistance l0/l(T) as a func
linear regression of the slopes (b–c/l0) as a function of the therm

Rock type ā (–) Da (%)
b � 103

(K�1)
sb � 103

(K�1)
c �
(Wm

Basement rocks I
(from felsic gneiss
to amphibolite)

1.007 – 3.6 – 7.2

Basement rocks II
(magmatic and
metamorphic)

0.99 1 3.0 1.5 4.2

Sediments 0.99 1 3.4 0.6 3.9
Vosteen and Schellschmidt (2003) find for magmatic
and metamorphic rocks:

l0 ¼ 0:53 l25 þ 0:5
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1:13 l225 � 0:42 l25

q
; (24)

and for sedimentary rocks:

l0 ¼ 0:54 l25 þ 0:5
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1:16 l225 � 0:39 l25

q
: (25)

Hofmeister (1999) provided a detailed analysis of heat

transport based on an analysis of phonon lifetimes
obtained from infrared reflectivity. It accounts for the var-
iation of the phonon contribution lp to thermal conductiv-
ity with both temperature and pressure as well as for the
pressure dependent radiative contribution lr. It allows
approximation of thermal conductivity for mantle condi-
tions if: (1) K0

0, the pressure derivative of the isothermal
bulk modulus KT, is constant: K0

0 = dKT/dP = const;
(2) the variations of the bulk modulus with temperature
and pressure are mutually independent; (3) the pressure
derivative of the thermodynamic Grüneisen parameter g
(Equation 12 or 13 in Thermal Storage and Transport
Properties of Rocks, I: Heat Capacity and Latent Heat,
this volume) is constant: dg/dP = f. For mantle material,
g varies from 1 to1.4, K0

0 from 4 to 5, and f � 0 vanishes
approximately. According to Hofmeister (1999) and
within the uncertainty of these parameters, thermal con-
ductivity in the mantle is:

lðT ;PÞ¼l298K; 101:33 kPa

�ð298 T= Þa 1þK 0
0P=KTð Þe

� 4gþ1=3ð Þ
RT
298

aðT 0ÞdT 0

þlr;

(26)

where T is absolute temperature, l298 K, 101.33 kPa is thermal
conductivity at room temperature and atmospheric pres-
sure, a(T) is volume coefficient of thermal expansion as
a function of temperature, and the exponent a is the fitting
parameter. The radiative contribution lr in (26) may be
approximated by Equations 15, 18, or 19. Hofmeister
(1999) provides alternative expressions for lr for ferrous
minerals or dense silicates and oxides (Figure 7):
onductivity and Diffusivity, Table 4 Coefficients a, b, and c in
error of the mean intercept ā for all rock types of the linear

tion of temperature T; sb and sc are the errors defined by the
al resistance 1/l0 (see Equation 22)

103
�1K�2)

sc � 103

(Wm�1 K�2) T (�C) Reference

– 0–250 Sass et al., 1992

0.6 0–500 Vosteen and
Schellschmidt, 2003

1.4 0–300 Vosteen and
Schellschmidt, 2003
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silicates, and oxides with temperature according to Equation 27
(Hofmeister, 1999).
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ferrous minerals :

lr ¼ 0:01753� 1:0365� 10�4T þ 2:2451� 10�7 T2

� 3:407� 10�11 T3;

dense silicates and oxides

lr ¼ 8:5� 10�11 T3 ðlr in Wm�1 K�1 and T in KÞ:
(27)

Figure 1 in the companion article in this volume (see

Thermal Storage and Transport Properties of Rocks, I:
Heat Capacity and Latent Heat) shows the variation of
phonon thermal conductivity lp with temperature in an
average crust of density r = 2 700 kgm�3 molar mass of
0.22178 kgmol�1. It is derived from l = k r c as the prod-
uct of thermal capacity r cP and thermal diffusivity k cal-
culated according to Equation 20 (in Thermal Storage and
Transport Properties of Rocks, I: Heat Capacity and Latent
Heat, this volume”; Whittington et al., 2009). Due to the
balancing increase of specific heat capacity with tempera-
ture, the decrease in thermal conductivity with tempera-
ture is less than in thermal diffusivity by a factor of
about 1.3. Assuming a constant density throughout the
crust, this implies that the increase and decrease in density
due to the increase in pressure and temperature, respec-
tively, partly cancel each other and that these changes
are small compared to those of specific heat capacity and
thermal diffusivity.

For mantle minerals, such as olivine and its high-
pressure polymorphs, the b- and g-spinels wadsleyite
and ringwoodite, respectively, Xu et al. (2004) fitted pho-
non thermal conductivity measured to 1 373K and 20GPa
to an exponential equation in temperature yielding values
for the exponent between �0.406(35) and �0.537(11)
suggesting that fitted phonon thermal conductivity
varies with T�1/2 (Table 5).
Variation with pressure
The effect of pressure on phonon thermal conductivity lp
is different in two distinct pressure ranges. First, fractures
and micro-cracks (developed during stress release after
sampling) begin to close with increasing pressure. This
reduces thermal contact resistance as well as porosity
which is usually filled with a low conductivity fluid. This
process ends when a pressure of about 15 MPa is reached.
A compilation of measurements on various sedimentary,
volcanic, plutonic, and metamorphic rocks (Clauser and
Huenges, 1995) indicates that this effect accounts for an
increase of about 20% relative to thermal conductivity at
atmospheric pressure. A further pressure increase to
40MPa does not affect thermal conductivity significantly.
If pressure is increased further, however, a second process
becomes effective, the reduction of intrinsic porosity, i.e.,
voids which are not created by stress release. For granite
and for metamorphic rocks, data indicate an increase of
thermal conductivity by about 10% within the pressure
range 50MPa–500MPa.

For mantle minerals, such as olivine and its high-
pressure polymorphs, the b- and g-spinels wadsleyite
and ringwoodite, respectively, Xu et al. (2004) determined
values for the pressure coefficient between 0.022GPa�1

and 0.032GPa�1 for phonon thermal conductivity mea-
sured to 1 373K and 20GPa (Table 5). A table of numer-
ical values for pressure derivatives of phonon thermal
conductivity measured by a variety of authors was com-
piled by Hofmeister et al. (2009). Most values for l�1

(@l/@P) fall into the range 0.04GPa�1–0.36GPa�1,
exceeded only by values of 0.69GPa�1 and 0.5GPa�1 for
sulfur and quartz⊥c (measured perpendicular to the optical
c-axis), respectively. Osako et al. (2004) fitted thermal
conductivity measured to 1100K and 8.3GPa on isotro-
pic, single-crystal garnet and anisotropic olivine (Fo93Fa7;
in three crystallographic directions) as upper and lower
mantle constituents, respectively, to a linear equation in
pressure (Table 6). A pressure dependence of garnet and
olivine was found on the order of 4%GPa�1–5%GPa�1

and 3%GPa�1–4%GPa�1, respectively.
In contrast, radiative thermal conductivity lr was found

much less variable with pressure than with temperature
(Clark, 1957). In particular, this holds once the spectral radi-
ance overlaps the infrared pass band in the absorption spec-
trum, at temperatures above 1 900K (Hofmeister, 2005).
Variation with other factors
Apart from temperature and pressure, thermal conductivity
also varies with porosity, pore fluid, saturation, dominant
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mineral phase, and anisotropy. These effects are summa-
rized here from the detailed discussion in Clauser (2006):

For large porosity (i.e., f >> 1%) thermal conductiv-
ity of the saturating fluid affects significantly the bulk
rock thermal conductivity. The influence varies with
the thermal conductivity of the saturants, e.g., water, oil,
natural gas, air. The resulting bulk thermal conductivity
can be estimated from a suitable mixing model, e.g.,
Equations 2–4.

The effect of partial saturation is different for porous or
fractured rocks. In porous rocks, porosity comprises both
bulk pore space and bottlenecks formed by the contact
between individual grains. Dry bottlenecks act as thermal
contact resistances between grains, while the bulk pore
volume contributes proportionally to the effective rock
thermal conductivity. In fractured rocks, in contrast, there
are no bottlenecks between grains as in porous rocks, and
the small void volume in the fractures corresponds to the
bulk pores space of porous rocks.
Thermal Storage and Transport Properties of Rocks, II: Thermal
fitting functions for the variation thermal conductivity l and ther
temperature T and pressure P (Osako et al., 2004)

Garnet

l = C0 + C1/T l = A0 + A1 P

C0 C1 A0 A1
(Wm�1 K�1) (Wm�1) (Wm�1 K�1) (Wm�1 K�1 GPa�1)

2.01(8) 704(43) 3.48(33) 0.160(26)

k = c0 + c1/T k = a0 + a1 P

c0 � 106 c1 � 106 a0 � 106 a1 � 106

(m2 s�1) (m2 s�1 K) (m2 s�1) (m2 s�1 GPa�1)

0.29(6) 374(31) 1.19(6) 0.046(1)

Thermal Storage and Transport Properties of Rocks, II: Thermal C
k298 at 298 K, pressure coefficients a and a´, and fitting functions
mantle minerals with absolute temperature T and pressure P (Xu

Mineral

l = l298 (298/T)
1/2 (1 + a P)

P (GPa) l298 (Wm�1K�1) a (GPa�

Olivine 4–10 4.13(11) 0.032(3
4 4.49(4) –
7 5.19(4) –
10 5.56(4) –

Wadsleyite 14 8.10(4) 0.023
Ringwoodite 20 9.54(5) 0.022
Figure 8 illustrates these two effects for a water-
saturated medium-porosity sandstone and a low-porosity
granite: Starting completely dry with an unsaturated con-
ductivity of about 60% of the saturated value, a level of
85% is reached for the sandstone at about 10% satu-
ration. The 15% conductivity residual is then spread
almost linearly over the remaining 90% of saturation.
Physically this observation indicates that the filling of
inter-granular bottlenecks accounting for only about
10%�15% of the total porosity significantly reduces
the contact resistances between the individual grains.
In contrast, the replacement of low conductivity air
by the more conductive fluid in the major part of the
pore volume accounts for the second effect. If only
fractures contribute to the total porosity, as in the
granite, there are no bottlenecks and only the second
effect is observed: Starting completely dry with an
unsaturated conductivity of about 85% of the satu-
rated conductivity, a quasi linear increase is observed
Conductivity and Diffusivity, Table 6 Coefficients and
mal diffusivity k of garnet and olivine with absolute

Olivine

l = C0 + C1/T l = B0 exp(B1 P)

C0 C1 B0 B1
(Wm�1 K�1) (Wm�1) (Wm�1 K�1) (GPa�1)

[100] 1.91(28) 2,088(163) 6.61(13) 0.038(5)
[010] 0.84(36) 1,377(157) 3.98(15) 0.042(5)
[001] 2.08(38) 1,731(86) 5.91(25) 0.034(5)

k = c0 + c1/T k = b0 exp(b1 P)

c0 � 106 c1 � 106 b0 � 106 b1
(m2 s�1) (m2 s�1 K) (m2 s�1) (GPa�1)

[100] �0.06(11) 938(46) 2.50(4) 0.033(5)
[010] �0.13(8) 626(45) 1.52(6) 0.040(7)
[001] �0.03(17) 832(98) 2.16(14) 0.035(3)

onductivity and Diffusivity, Table 5 Reference values l298 and
for thermal conductivity l and thermal diffusivity k of lower
et al., 2004)

k = k298 (298/T)
n (1 + a0P)

1) k298 � 106 (m2 s�1) n a0 (GPa�1)

) 1.31(5) 0.681(22) 0.036(4)
1.29(5) 0.563(35) –
1.74(4) 0.720(26) –
1.84(5) 0.723(31) –
2.55(3) 0.721(13) –
3.09(4) 0.793(17) –
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Thermal Storage and Transport Properties of Rocks, II:
Thermal Conductivity and Diffusivity, Figure 8 Variation of
thermal conductivity with partial saturation for a sandstone
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water and standard deviations (bars); values normalized by
reference thermal conductivities shown in legend (Clauser, 2006
based on data of Reibelt, 1991).
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due to the replacement of low conductivity air until
the 100% level is reached for complete saturation.

Anisotropy of sedimentary and metamorphic rocks is
due to the conditions of their formation. Anisotropy exists
on several scales: (1) On the microscopic scale, manymin-
erals are anisotropic; (2) on the laboratory scale, thermal
conductivity of many rocks is also anisotropic. However,
even if rocks are composed of anisotropic minerals, ran-
dom orientation of the crystals within the rock may render
the rock’s bulk thermal conductivity isotropic on
a macroscopic scale; (3) on a still larger scale, if rocks
are exposed to folding, orogenic or other tectonic
processes, thermal conductivity of the resulting rock for-
mation may be anisotropic.

As a result, thermal conductivity parallel to the direc-
tion of layering or foliation, l||, is greater than thermal
conductivity in the perpendicular direction, l⊥. The factor
of anisotropy, the ratio l||/l⊥, generally falls into the
range 0.9–3, with most values between 1 and 2 (e.g.,
Clauser and Huenges, 1995; Popov and Mandel, 1998;
Popov et al., 1999a, b; Clauser, 2006; Davis et al.,
2007). For sedimentary rocks a general trend has been
reported of decreasing l⊥ with factor of anisotropy l||/
l⊥, but no such trend was identified for metamorphic
rocks (Clauser, 2006).
Thermal diffusivity
Thermal diffusivity is required in the analysis of transient
heat transfer. A sizable compilation of room-temperature
data of phonon thermal diffusivity kp measured on various
mantle minerals is given by Hofmeister et al. (2009) from
measurements by various groups.
If both conductivity and thermal capacity are known,
thermal diffusivity k can be calculated from k = l/(r c).
As for steady-state thermal conduction, transient heat dif-
fusion in most of the Earth’s crust and mantle is caused by
scattering of quantized lattice vibrations, the phonons, and
by diffusive (as opposed to ballistic) radiation of photons.
These two processes are described by phonon thermal
conductivity lp and radiative thermal conductivity, lr,
respectively, the sum of which is often termed effective
thermal conductivity, leff. As thermal diffusivity is the
ratio of thermal conductivity and thermal capacity, it is
also influenced by the variation of density and specific
heat capacity. This is of particular interest with respect to
the variation with temperature.
Measuring techniques
All of the transient laboratory methods used to determine
thermal conductivity are useful to determine thermal
diffusivity as well. Recently, heat pulse (Schilling,
1999; Höfer and Schilling, 2002; Gibert et al., 2003)
and laser flash methods (Parker et al., 1961; Blumm
and Lemarchand, 2002; Hofmeister, 2006) have been
used for measurements at high temperature. Compared
to other methods their advantage lies in a reduction or
even complete absence of physical contacts between
samples on the one hand and temperature sensors and
heat sources on the other hand.While most methods mea-
sure the effective diffusivity comprising contributions
from phonon conduction and diffused heat radiation,
the laser flash method yields the diffusive component
without contributions from heat radiation. This differ-
ence becomes important particularly at high temper-
atures (for a critical assessment see e.g., Hofmeister
et al., 2009).
Variation with temperature
Thermal diffusivity k of rocks varies even more strongly
with temperature than thermal conductivity l. This is
caused by the opposite behavior of thermal conductivity
and thermal capacity (r c) with respect to temperature.
Because of several self-compensating factors, thermal
capacity (r c) with few exceptions generally varies
within �20% of 2.3MJm�3 K�1 for the great majority
of minerals and rocks (Beck, 1988). This is confirmed
by a linear regression of thermal diffusivity on thermal
conductivity which was measured on a suite of meta-
sedimentary, volcanic, magmatic, and metamorphic rocks
together with density and specific heat capacity (Mottaghy
et al., 2005):

k ¼ l
r c

¼ l
2:3

¼ 0:44 l ðk in 10�6 m2 s�1Þ: (28)
A linear regression of thermal capacity as a function of
temperature yields also a linear relationship. This allows
to determine thermal diffusivity k(T) at any temperature,
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based only on the known variation of thermal conductivity
l(T) with temperature (Mottaghy et al., 2005):

kðTÞ ¼ lðTÞ
2:134þ 0:0044 T

ðk in 10�6 m2 s�1; T in �CÞ:
(29)
Thus, thermal diffusivity can be derived from thermal
conductivity and vice versa. For the suite of rocks studied
by Mottaghy et al. (2005), thermal conductivity decreased
by 4%–7% in the range 1–100 �Cwhile thermal diffusiv-
ity decreased by 18%–22%.

Thermal diffusivity was measured at temperatures of up
to 550 �C by Ray et al. (2006) on a suite of 16 samples
comprising Archean granulitic rocks which are consid-
ered a major component of the middle and lower conti-
nental crust. Phonon scattering was found dominating
heat transport with radiative diffusion of photons setting
in at 450 �C for most, but not all rocks. Based on their
measurements, Ray et al. (2006) propose an equation
by which thermal diffusivity k(T) at elevated temperature
below 450 �C can be derived from room temperature
values, krt:

kðTÞ ¼ 0:7þ 144
krt � 0:7
T � 150

ðk in 10�6 m2 s�1; T in KÞ;
(30)

They also proposed an additional term in Equation 30,
proportional to T3, by which the radiative contribution
above 450 �C is fitted. However, this assumes a similar
variation with temperature of thermal conductivity and
thermal diffusivity and neglects the additional variation
of specific heat capacity. This, in fact, makes thermal dif-
fusivity vary stronger with temperature than thermal con-
ductivity, which is why the T3-term is omitted here.
Whittington et al. (2009) measured the phonon component
kp of thermal diffusivity at temperatures of up to 1 260K
on garnet schist, leucogranite, and welded rhyolitic ash-
flow tuff using laser flash analysis. This characterizes
purely the phonon heat transfer component without
any radiative contribution, in contrast to the values
discussed above. Below and above the transition be-
tween a- and b-quartz at 846K (
573 �C) the data are
reasonably fitted by

kpðTÞ ¼ �0:062þ 567:3
T ; T > 846 K

0:732� 0:000135 T ; T < 846 K

�

ðk in 10�6 m2 s�1; T in KÞ;
(31)

assuming an average molar mass of 0.22178 kgmol�1 and
an average density of 2 700 kgm�3 for the crust (see Figure 1
in Thermal Storage and Transport Properties of Rocks,
I: Heat Capacity and Latent Heat, this volume). The
leucogranite and rhyolite samples were homogeneous
and isotropic. The schist was anisotropic owing to
alternating mica- and quartz-rich layers, requiring testing
in the direction parallel and perpendicular to foliation.

For mantle minerals, such as olivine and its high-
pressure polymorphs, the b- and g-spinels wadsleyite
and ringwoodite, respectively, Xu et al. (2004) fitted pho-
non thermal diffusivity measured to 1 373K and 20GPa to
an exponential equation in temperature yielding values
for the exponent between �0.563(35) and �0.793(17)
suggesting that fitted phonon thermal conductivity varies
with T�½–T�1 (Table 5).

Pertermann and Hofmeister (2006) measured thermal
diffusivity on oriented single crystals and polycrystalline
samples of olivine-group minerals with the laser-flash
method at temperatures of up to about 1 500 �C. They
fitted the data to a second order polynomial in T:

kpðTÞ ¼ aþ b=T þ c=T2ðT in KÞ: (32)

Values for the coefficients a, b, and c fitted to data mea-
sured on single crystal and polycrystalline samples are
shown in Table 7.

Osako et al. (2004) fitted thermal diffusivity measured
to 1100K and 8.3GPa on isotropic, single-crystal garnet
and anisotropic olivine (Fo93Fa7; in three crystallographic
directions) as upper and lower mantle constituents, respec-
tively, to a linear equation in inverse temperature
(Table 6). They found a strong anisotropy in olivine which
they assume to prevail throughout the olivine stability
field in the mantle down to 410 km.
Variation with pressure
Tommasi et al. (2001) measured thermal diffusivity in the
crystallographic [100] and [010] directions parallel and
perpendicular to a strain-induced foliation, respectively,
as a function of temperature at atmospheric pressure on
spinel lherzolites and spinel harzburgite. These rocks are
considered representative for the subcontinental and sub-
oceanic mantle, respectively. They found an anisotropy
in thermal diffusivity on the order of 25% with the maxi-
mum aligned in the direction of strain. Support of their
experimental findings was provided by corroborating
petrophysical modeling.

For mantle minerals, such as olivine and its high-
pressure polymorphs, the b- and g-spinels wadsleyite
and ringwoodite, respectively, Xu et al. (2004) fitted pho-
non thermal diffusivity measured to 1 373K and 20GPa to
a linear equation in pressure yielding a pressure coefficient
of 0.036(4)GPa�1 (Table 5).

Osako et al. (2004) fitted thermal diffusivity measured
to 1100K and 8.3GPa on isotropic, single-crystal garnet
and anisotropic olivine (Fo93Fa7; in three crystallographic
directions) as upper and lower mantle constituents, respec-
tively, to an exponential equation in pressure (Table 6).
The pressure dependence of garnet and olivine was
found to be on the order of 4%GPa�1–5%GPa�1 and
3%GPa�1–4%GPa�1, respectively.
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variation of thermal diffusivity (10�6 m2 s�1) with temperature (K) according to Equation 32 (Pertermann and Hofmeister, 2006)

Sample Chemical composition
a � 106 b � 106 c � 106 Tmax
(m2 s�1) (m2 s�1 K) (m2 s�1K2) (�C)

Single crystals
Olivines Fo[001] Mg2SiO4 0.3081 679.6 213 492 985

FoCo[001] Mg1.99Co0.01SiO4 0.2347 587.8 172 482 1 477
[010] „ 0.2415 115.4 165 515 1181
Needles[100] Mg1.84Fe0.16SiO4 0.7088 57.7 202 533 985
[010] ” 0.3100 100.6 86 470 739
[001] „ 0.3805 381.3 79 703 886
Sumput[010] Mg1.87Fe0.13SiO4 0.3135 127.2 73 824 983

Sinhalite [010] MgAlBO4 0.5546 �128.1 432 571 741
Chrysoberyl [100] BeAl2O4 0.5366 551.7 566 872 990

[010] „ 0.3516 415.2 388 978 989
[001] „ 0.6371 428.2 543 382 990

Polycrystalline samples
Dunites #1 ~Mg1.8Fe0.2SiO4 0.2291 290.0 92 938 888

#2 „ 0.3563 178.4 93 356 1 083
Monticellite-bearing rock Ca1.15 Mg0.79Mn0.06SiO4 0.3816 153.0 23 706 985
Hortonolite-bearing rock Mg1.2Fe0.8SiO4 0.2826 301.2 12 638 705
Fayalite-bearing slag ~Fe1.98Mn0.02SiO4 0.2637 83.9 21 216 886
Fayalite-bearing rock ~Fe1.84Mn0.02 Mg0.14SiO4 0.1798 265.3 15 688 887

Fo forsterite, FoCo Co-doped forsterite
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Variation with other factors
Micro-cracks and grain boundaries give rise to increased
thermal resistance and to a reduction of the mean free path
of radiation due to scattering of radiation. It is somewhat
debated below which grain size the effect is negligible:
Based on the agreement between diffusivities measured
on minerals and rocks, Gibert et al. (2003) concluded that
the effect of grain boundaries, thermal cracking, and sec-
ondary phases is negligible. Along the same lines, Seipold
(1998) argued that grain size is much larger than the pho-
non mean free path and therefore grain boundaries should
not interfere with heat diffusion. Branlund and Hofmeister
(2008) confirm this for quartzites, but find diffusivities
measured on chert, agate, and chalcedony to be lowered
by grain boundaries. They propose that grain sizes above
1 mm should not affect heat transfer.

Additional advective heat transfer was identified by
Seipold and Schilling (2003) due to the release of water
adsorbed at the inner surfaces of voids (i.e., pores and
cracks) in rocks at about 450K and by dehydration of
serpentinite at 850K. Both processes create high local
overpressures which are relieved by cracking if the over-
pressure exceeds the tensile strength of the rock. The
resulting flow is then accompanied by a corresponding
advective heat transfer. This phenomenon was observed
and studied in laboratory experiments (Seipold and
Schilling, 2003) but has implications for the lower crust
and upper mantle with respect to recrystallization pro-
cesses involving the discharge of fluids. These “crustal
burps” provide the only conceivable way how some
fluids from the mantle or lower crust my find their way
to the Earth’s surface. The example discussed by Seipold
and Schilling (2003) involves liberating water of crystal-
lization during the conversion of serpentinite into
forsterite and talc, followed by the formation of enstatite.
As this involves heat advection as a separate heat transfer
mechanism, this process is better addressed separately
and not parameterized into some sort of “effective” heat
transport property not directly linked to a physical
process.

Summary
Understanding the thermal regime of the Earth requires
appreciation of properties and mechanisms for storage,
transport, and generation of heat with the Earth. Both
experimental and indirect methods are available for infer-
ring the corresponding rock properties. Steady-state heat
conduction or transient heat diffusion is the dominant
transport process in the Earth’s crust, except when appre-
ciable fluid flow provides a mechanism for heat advection.
For most crustal and mantle rocks, heat radiation sets in
at temperatures above about 450 �C and becomes sig-
nificant only at temperatures above 1 200 �C. At tempera-
tures above 2 500 �C heat radiation becomes a dominant
mechanism.
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Definition
Time-Reversal – This refers to a collection of techniques
that aim to focus wave energy onto a specific point in
space and time, implicitly using the source-receiver
reciprocity and the invariance of the wave propagation
equation to the transformation t ! �t. The usual way to
perform a time-reversal experiment is to simultaneously
rebroadcast from a set of receivers the recorded signals
read backward. By doing this, an approximate and reverse
version of an original wave propagation movie is created,
which will display wavefronts converging back onto the
source point. A variant of this procedure is reciprocal
Time-Reversal, where the read backward signals are
rebroadcast from the source point instead of from the
recording point. Based on the source-receiver reciprocity,
the wavefield will in this case focus on the receiver.
Invariance of the wave equation – In the absence of loss
terms, the wave equation only contains second-order
space and time derivatives. This implies that if u(x,t) is
a wavefield solution, then u(x,�t), u(�x,t), and u(�x,�t)
are also solutions of the equation. This means that the prop-
agation direction of a wavefield may be reversed if it has
been measured at any point of space at a given moment.
Consideration about the correct boundary conditions to
be applied can be found in the subsequent references.
Source-receiver reciprocity – The principle of reciprocity
states that a source and receiver may be interchanged and
the same waveform will be observed. The conditions
required are that the considered signal is transient,
nonlinear effects are negligible, and that the medium
remains unchanged.
1 nm
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Time Reversal in Seismology, Figure 1 (a) Ship positions and
instruments used for the marine experiment. Gibbs has the
source, and Allegheny has the receiver (HYD). (b) Signal received
at the hydrophone when performing a reciprocal time-reversal
between the two ships in an oceanic trench. Figures from
Parvulescu and Clay (1965) and Tolstoy and Clay (1966).
History
Imagine filming the ripples formed when a pebble is
dropped into a pond, and playing the movie backward.
You will observe the ripples converge back onto the
original impact point, indicating its location by a local
concentration of wave energy. The history of developing
Time-Reversal is strongly related to the ability to
physically or numerically realize this thought experiment
based on progress in understanding wave propagation
and in developing the necessary tools.

The story of Time-Reversal starts in the 1950–1960s in
a cluttered room of the Hudson Laboratory of Columbia
University where Antares Parvulescu (1923–1998) tested
his idea of time-reversed transmissions. A microphone
was placed about 25 ft from a loud speaker, from which
a series of short impulses were sent 1 s apart. A sequence
of the signal due to the room reverberations was received
at the microphone and tape-recorded. The tape was
removed and played backward. These “time-reversed sig-
nals” (called then “matched signals”) were played by the
loud speaker (notice it is a reciprocal Time-Reversal
experiment that was carried out). When an indiscernible
rushing noise could be heard over the rest of the room,
the scope at the microphone displayed a signal that looked
like the autocorrelation of the reverberation signal. When
we indeed brought our ears to the microphone, the rushing
noise became a simple “click,” indicating that localization
in space and time of the wave energy did occur! This result
was first published in a terse abstract (Parvulescu, 1961)
and is further documented in Parvulescu (1995) and in
chapter 7 of the book of Tolstoy and Clay (1966 and its
revision in 1987).

In 1961–1962, Parvulescu and colleagues decided to
take this matched signal experiment to sea. This was
a serious logistic and scientific challenge as most of the
geophysicists at that time did not believe that transmission
in ocean was reproducible. The marine experiment
used two oceanographic research ships, the Gibbs and
Allegheny, with deep anchoring capability in the Tongue
of Ocean, which is an oceanic trench. Figure 1a shows
the setting of the experiment. The received signals at
the Allegheny, lengthened by multiple reverberations,
were radioed back to the Gibbs to be then transmitted
from the source (this was again a reciprocal Time-
Reversal experiment). Figure 1b shows the peak of
pressure created on the hydrophone. The report of this
first “field” Time-Reversal experiment is documented
in Parvulescu and Clay (1965). Details of further exper-
imentations can be found in chapters 4–8 of Tolstoy
and Clay (1966–1987).
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In 1980s, Time-Reversal was first used in seismology
by George McMechan and colleagues at the University
of Texas. They modified techniques developed for explo-
ration geophysics to image the primary source of excita-
tion instead of geologic reflectors and rediscovered
the principle of Time-Reversal. They successfully imaged
the source of a small 1983 aftershock earthquake in
California using a purely acoustical 2D model to numeri-
cally rebroadcast signals recorded at a very dense net-
work in a 15 by 12 km vertical slice of the formation
(McMechan, 1982).

In the late 1980s, advances in microelectronics,
storage capacity, and automated signal processing led to
the development of the Time-Reversal Mirror (TRM) by
Mathias Fink and colleagues at the Laboratoire Ondes et
Acoustique (LOA) of the University of Paris VII (Fink,
1992). TRMs are finite-size arrays of transmit-receive
transducers that are at the base of active research on theo-
retical limit of Time-Reversal (Fink et al., 2000; Fink,
2006). TRMs have made possible novel applications of
Time-Reversal ranging from nondestructive evaluation
(Ulrich et al., 2008a, b) to medical imaging (Fink and
Tanter, 2010).

For references and more technical details about Time-
Reversal, see the reviews by Fink et al., 2000; Fink,
2006; Anderson et al., 2008; and Larmat et al., 2010.
Time-reversal and complexity
The Earth and oceans are complex environments in which
transmitted signals quickly become difficult to interpret,
for example, instead of a single pulse for the first arrival,
the P-wave is accompanied by a coda train due to the scat-
tering within the crust. Contrary to many location methods
based on simple paradigms, Time-Reversal thrives with
complexity. In a homogeneous and purely acoustic
medium, only one phase will be recorded on a single
receiver from a source point. Introduce a reflecting inter-
face and two phases will be recorded: the primary and
a copy of the source impulse due to the reflection on the
interface. The two combined phases contain more
information about the source location than the primary
phase alone. All these different phases will converge and
add up onto the source point when traveling backward.
Several studies (e.g., Dowling and Jackson, 1992; Fink
et al., 2000; Blomgren et al., 2002) have actually demon-
strated the width of the focus is smaller in randomly
heterogeneous media than in the homogeneous case
(implying better resolution on the location). This is
referred as super-resolution. Theoretical discussion about
Time-Reversal resolution can be found in Fink et al.
(2000). A second important point for complex media is
that any arbitrary time-segment will return to the source.
Time-Reversal does not need any interpretation of the
signals.

These unique facets of Time-Reversal explain the wide
use of the method in very different disciplines handling
with complex media, for example, target detection
method and communication in underwater acoustics,
nondestructive evaluation (i.e., location of defects in intact
specimens), improved imaging and destruction of stones/
tumors in medicine, and source location and imaging
techniques in geophysics.

Location of seismic sources
Since the late 1990s, several groups have performed
Time-Reversal location of seismic events (for references,
see Anderson et al., 2008; Larmat et al., 2010), harnessing
the developing computing power. These applications have
demonstrated that contrary to what was thought by
McMechan, Time-Reversal does work with “sparse”
rebroadcasting networks (i.e., with receivers way more
than one wavelength apart). Figure 2 shows the
time-reversal result from a 2001 magnitude-5 glacial
earthquake in Greenland by Larmat et al. (2008). Glacial
earthquakes were discovered in 2003 by Ekström et al.
(2003) as long-period signal barely above the noise level.
The signal from 146 stations in the Northern hemisphere
was filtered between 0.01 and 0.02 Hz, time-reversed
and rebroadcast into a 3D Earth model. The figure shows
the snapshot of the vertical component of the time-
reversed displacement at the moment of the focus (actu-
ally the vertical component normalized by the maximum
value reached on the snapshot). The focus appears as
a two-lobe pattern of opposite polarity indicating the ori-
gin of the seismic signal. The two-lobe pattern reveals that
the nature of the source excitation was a single force vec-
tor, which is consistent with recent source analysis by Tsai
et al. (2008). Had the source been a simple monopole, the
focus would have manifested itself as a single point (see
details in Larmat et al., 2008).

In the last 5 years, Time-Reversal application to seis-
mology has evolved into using 3D full-waveform model-
ing to locate any type of seismic sources (e.g., point
source, long lasting, finite) with “no specific interpretation
. . . made of the various arrivals” as pointed out by Brian
Kennett (1983). One application can be location of the
origin of various emergent signals such as tremors (Steiner
et al., 2008; Larmat et al., 2009; Lokmer et al., 2009) and
weaker microseismicity. It must be noted that several
Time-Reversal source location have been carried out of
late.

Other location methods are based on the core idea of
sending back some recorded signals to a given point in
space and time. All back-projection related methods can
be seen as simplified Time-Reversal procedures for which
the backward propagation is reduced to shifting the time
series by predicted arrival times (e.g., Source Scanning
Algorithm of Kao et al. (2005).

Location of features in the velocity model
Time-reversed propagation is also used to image the
subsurface structure. The exploration methods used by
McMechan have evolved into reverse-time migration
(e.g., Baysal et al.,1983). Next generation tomography
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Time Reversal in Seismology, Figure 2 One hundred and forty-six vertical displacement signals of a glacial earthquake were
time-reversed and sent back in a 3D Earth model. The vertical component (vz) of the created time-reversal signal at the moment
of the focus displays a two-lobe pattern of opposite polarity consistent with a single force vector as the source mechanism (adapted
from Larmat et al., 2008).
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models are currently created based on the adjoint method
that uses a forward and a backward propagation to locate
the source of discrepancies between data and predicted
waveforms (Tromp et al., 2005).

Time-reversal and correlation methods
The signal produced at point A from source S can be
expressed with the Green function formalism:
SAðtÞ ¼ GðxS ; xA; tÞ � sðtÞ where s(t) is the source time
function and � denotes the convolution operation. If you
time-reverse the signal SA(t), and rebroadcast it from A,
the signal produced on point S will be:

STRS ðtÞ ¼ GðxA; xS ; tÞ � SAðT � tÞ
¼ GðxS ; xA;T � tÞ � GðxS ; xA;�ðT � tÞ½ 	 � sðtÞ

(1)

where the reciprocity between A and S of the Green
function has been used. The right term of this expression
is similar to the expression of the autocorrelation of SA
in terms of Green functions. More generally, the cross-
correlation of the signal recorded at a point A and B is:

CABðtÞ¼ GðxS ;xA; tÞ�GðxS ;xB;�tÞ½ 	� sðT � tÞ� sðtÞ½ 	
! S GðxA;xB; tÞþGðxA;xB;�tÞ½ 	

(2)

which states that under certain conditions the cross-
correlation of two signals is composed of the
superposition of the Green function between the two
receivers and its time-reversed version. Equation (2)
is the basis of what is known as interferometry or imaging
with ambient noise, as the Green function contains infor-
mation about the properties of the medium (see Seismic,
Ambient Noise Correlation, the review by Snieder and
Wapenaar, 2010 and the pioneer paper of Claerbout,
1968).

To come back to Time-Reversal, if the source time
function is considered to be a dirac, the time-reversed
signal at the original point source S is:

STRS ðtÞ ¼ GðxS ; xA; T � tÞ � GðxS ; xA;�ðT � tÞ½ 	 (3)

This expression is typical of a matched filter, whose
output is optimal in some sense. Whatever the Green
function, the Time-Reversal wavefield is maximal at the
focus time and at the source point (Fink et al., 2000,
p. 1946). Applications derived from this interpretation of
Time-Reversal consist in locating seismic sources, such
as trapped miners, by comparing their transmitted distress
signals with a database of prerecorded Green functions
(created by recording the seismic response for each possi-
ble source location) (Hanafi et al., 2009).

Summary
Interest in seismic source study has recently shifted from
event-based temporary observation to continuous
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monitoring using dense seismic networks. Seismologists
now study a wealth of signals due to less energetic sources
than earthquakes such as tremors and microseismicity.
Glacial earthquakes, landslides, Earth Hum, and mete-
orological phenomena such as hurricanes belong to
a group of events that defines “environmental seismol-
ogy,” a term coined by the French seismologist Jean-Paul
Montagner.

Microseismic noise is now used for imaging the
Earth. Due to their emergent nature, these signals repre-
sent a challenge to classical location methods based on
triangulation. Time-Reversal as a method and Time-
Reversal ideas are emerging as a promising framework
to foster future location and imaging methods. The suc-
cess of Time-Reversal as a source location method
shall rely on the coverage of seismic networks, the accu-
racy of high-resolution velocity models, and the per-
formance of numerical schemes to be used for the
backward propagation. Still unclear are the convergence
and resolution power of Time-Reversal under various
conditions. Our ability to reliably observe and model
scattering phenomena is expected to be an important part
of the answer.
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Synonyms
Active-source data; Traveltime inversion

Definition
Traveltime. The total time for a particular wave to travel
from a source to a receiver.
Tomography. Determination of model structure by back
projection of the data along a path connecting a source
and a receiver.
Controlled-source seismology. Determination of earth
structure using seismic waves generated by artificial
sources such as chemical explosives, mechanical vibra-
tors, weight drops, gun shots, etc.

Background
Traveltime tomography is the main method by which the
Earth’s seismic velocity structure is determined on all
scales, from the upper few meters to the whole mantle.
It was adapted from algorithms used in medical imaging
in the 1970s (Dziewonski and Anderson, 1984). In seis-
mology, the term tomography refers to the back projection
of data along a path connecting a source and receiver using
a mathematical inverse method. Ideally, the traveltimes of
seismic arrivals corresponding to many criss-crossing rays
are used to construct a two-dimensional (2D) or 3D image
of the Earth’s seismic velocity variations. Tomography is
a type of inverse problem, although the terms traveltime
inversion and traveltime tomography are used in the seis-
mological community without a well-defined distinction.
The latter usually implies a uniform, fine grid model
parameterization, in which a smooth model is sought.
Any departure from this approach is usually referred to
as traveltime inversion, although the distinction is some-
what arbitrary (Levander et al., 2007); this article will dis-
cuss both approaches. This article concerns traveltime
tomography using controlled-source data and does not
discuss other types of tomography that use seismic ampli-
tudes, phases, or waveforms as input data, nor earthquake
or surface-wave data.

Data from earthquakes and artificial (controlled)
sources are used in traveltime tomography, the former usu-
ally for crustal or mantle structure, the latter usually for
crustal or near-surface structure. Much of the theory and
practice of traveltime tomography is the same or similar
for controlled-source and earthquake data. However,
earthquake tomography usually uses delay times and
includes a determination of the source locations (hypocen-
ters), whereas controlled-source tomography usually uses
total times and the source locations are known very
accurately. Also, the degree of lateral velocity heterogene-
ity in the crust, and in particular the near-surface, can be
much greater than in the mantle, so there is often no sense
of a reference model in controlled-source seismology as
there is in earthquake seismology, and this in turn means
that a nonlinear tomographic method must be applied to
controlled-source data in which the rays must be deter-
mined along with the unknown velocity structure as part
of the inverse problem. Finally, controlled-source data
are often acquired using sources and receivers distributed
along a straight or nearly straight line, yielding a so-called
2D dataset. In this case, 2D modeling is used in which lat-
eral homogeneity perpendicular to the line is assumed.
Earthquake tomography is almost always 3D given the typ-
ical distribution of earthquakes and stations. Today, 3D con-
trolled-source data is not uncommon, but it is expensive to
acquire, especially for crustal-scale studies. In some studies,
both earthquake and controlled-source data have been
inverted simultaneously (e.g., Ramachandran et al., 2005).

Controlled-source seismology can be divided into two
main approaches: (1) near-vertical reflection methods, and
(2) refraction/wide-angle reflection methods. Traveltime
tomography is applied to data from both experiments,
although it is more common for refraction data. The most
common applications of traveltime tomography using con-
trolled-source data are (1) tectonic studies of the crust and
uppermost mantle, (2) earthquake risk studies for upper
crustal fault and basin geometries, (3) petroleum explora-
tion in crosswell studies, model building to facilitate migra-
tion, and for refraction statics, and (4) environmental/
engineering studies of the near surface (as shallow as
a few meters). The traveltimes utilized are often limited to
those of the first arrivals corresponding to direct, refracted
(turning) or diffracted waves. Sometimes the traveltimes
of primary reflections are included, for example, from the
basement overlying sediments or the crust-mantle (Moho)
boundary, necessitating the need for layers or interfaces in
the model parameterization. Only rarely are later refracted
arrivals, multiples or conversions utilized. Traveltimes are
picked from the seismograms usually either interactively
by eye, or using a semi-automated scheme whereby a few
picks are made interactively, and the intervening picks are
determined automatically using a cross-correlation scheme
(Zelt, 1999). Usually only very high quality, spatially-dense
data can be picked using fully automated schemes.

Most controlled-source tomography uses only P-wave
traveltimes to constrain the compressional wave-velocity
structure because P wave are easiest to generate and there-
fore the P wave arrivals are usually the strongest and eas-
iest to pick. However, S wave experiments are quite
common in environmental/engineering studies (e.g.,
Chambers et al., 2009). Theoretically, traveltime tomogra-
phy is the same for P- and S-wave data, and if both data
are available in the same study, Poisson’s ratio can be
estimated. The forward modeling component of traveltime
tomography is almost always based on ray theory,
an infinite-frequency approximation of wave propaga-
tion, although recently a finite-frequency approach for



1454 TRAVELTIME TOMOGRAPHY USING CONTROLLED-SOURCE SEISMIC DATA
controlled-source data has been proposed (Zelt, 2009).
Almost all applications of traveltime tomography assume
isotropic media because it is rarely necessary to invoke
anisotropy to model the observed data. Exceptions to this
are mainly for crosswell data and in studies of the oceanic
crust (e.g., Pratt and Chapman, 1992; Dunn et al., 2000).
Traveltime tomography is applied to land and marine data,
as well as onshore-offshore data, using the same tomo-
graphic methodology. Arrays of airguns are the most com-
mon marine source, while on land chemical explosives,
mechanical vibrators, weight drops, hammers, shotguns
and rifles are common sources.

The ideal dataset for traveltime tomography is one with
as dense a spacing of sources and receivers as possible,
along a line for a 2D experiment, or areally distributed
for a 3D experiment. As a result, a subsurface point will
be sampled by rays at as many different angles as possible,
which in turn will yield the best possible spatial model
resolution as discussed later. There is usually very little
processing of seismic data before traveltime picking, only
that required to “clean up” the data tomake it easier for pick-
ing. This may include bandpass filtering, trace editing,
velocity filtering, trace mixing or binning, or deconvolution.
Picks should not be interpolated to provide uniform spatial
coverage if there are significant trace gaps, since this will
provide an incorrect sense of model constraint (Zelt, 1999).
Uncertainties should be assigned to the pick times to avoid
over- or under-fitting the data, and to allow the appropriate
up- and down-weighting of less noisy and more noisy data,
respectively (Zelt, 1999). Elevation or bathymetric correc-
tions should be avoided as they depend on the unknown
velocity structure. Instead, the known surface topography
or bathymetry should be incorporated into the 2D or 3D
model. For a 2D experiment in which the shot and receiver
locations deviate significantly from a straight line, it may
be necessary to perform 2.5D modeling, i.e., using a 3D
model and 3D ray tracing, and the known topographic or
bathymetric surfaces, but keeping the velocity model homo-
geneous in a direction perpendicular to the main trend of the
profile (e.g., Van Avendonk et al., 2004). Given the spatial
resolution of most velocity models derived from traveltime
tomography, the degree of profile “crookedness” must be
substantial to warrant 2.5D modeling (Schmelzbach et al.,
2008; Figure 1).

There are several review papers relevant to this article.
Nowack and Braile (1993) review traveltime tomography
methods in 1D and 2D media. Zelt (1999) focuses on 2D
traveltime tomography and inversion, as well as model
assessment methods. Rawlinson and Sambridge (2003a)
present an overview of traveltime tomography for 2D
and 3D structure. Levander et al. (2007) review all aspects
of crustal-scale controlled-source seismology, including
traveltime tomography.
Forward modeling
In the 1970s, ray theory, an infinite-frequency approxima-
tion of wave propagation, for laterally heterogeneous
media was developed (Cerveny et al., 1977, McMechan
and Mooney, 1980). This allows earth models of arbitrary
2D and 3D complexity to be considered, provided the ten-
ants of ray theory are honored, that is, the velocity field
varies slowly with respect to the seismic wavelengths.
Sharp velocity changes are modeled as velocity disconti-
nuities (layer boundaries) using Snell’s law. As a result,
ray theory models are typically composed of one or
a few layers, bounded by smoothly varying interfaces,
within which the velocity varies smoothly. Ray theory
forms the basis for the forward modeling used today in
almost all traveltime tomography algorithms. There are
two main types of infinite-frequency modeling: ray
tracing and wavefront tracking.

Two end-member approaches to ray tracing are used:
numerical and analytical. In the former case, the velocity
field is specified by a regular (e.g., McMechan and
Mooney, 1980) or irregular (e.g., Zelt and Ellis, 1988) grid
of nodes, together with a scheme for interpolation between
nodes, and a ray is traced by specifying a take-off angle
from a point source and solving a set of ordinary differen-
tial equations, the ray tracing equations (Cerveny et al.,
1977). In the analytic case, the velocity field is specified
by a regular (e.g., Chapman and Drummond, 1982;White,
1989; Rawlinson et al., 2001) or irregular (e.g., Spence
et al., 1984) grid of nodes, but with a form of interpolation,
for example linear, such that the rays can be calculated
analytically within each cell of the grid. In practice, the
numerical and analytical techniques may be about equally
efficient if the analytical method uses a fine grid of nodes
to represent a sufficiently smooth velocity field as required
by ray theory, and if the numerical scheme adjusts the step
length according to the velocity gradient (Zelt and Ellis,
1988).

For an arbitrary 2D velocity model, a non-trivial con-
sideration is the determination of ray take-off angle from
the source such that an arbitrary receiver location is
reached, or such that a particular layer or interface in the
model is reached. Today, most 2D ray tracing algorithms
offer an automatic determination of take-off angles by
shooting trial rays followed by a bisection scheme to suf-
ficiently refine the take-off angles so that the receivers are
hit (e.g., Zelt and Smith, 1992). The robustness of the
shooting method is crucial because the data from receivers
for which it is not possible to find rays will not be used in
the inverse step. Also, it is important to be sure that an
inability to find rays is because of the velocity model,
e.g., a shadow zone, as opposed to a shortcoming of the
ray tracing algorithm.

To avoid the limitations of shooting/bisection algorithms,
particularly for 3D models, ray bending methods were
developed (Um and Thurber, 1987). In this approach,
a ray connecting a source and receiver is estimated, typically
using a 1D reference model, and the ray’s path is iteratively
updated using Fermat’s principle until the minimum-
time path is determined. In practice, shooting methods are
more efficient and sufficiently robust for 2D models,
whereas bending methods are favored for 3D models.
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 1 Shallow crustal example from the South Portuguese
Zone fold-and-thrust belt of first-arrival tomography by Schmelzbach et al. (2008) using the smoothing-regularized Zelt and
Barton (1998) algorithm to seek a minimum-structure model. There were 99 shots (grey stars) along the crooked line. (a) Velocity
model obtained by projecting all the data onto a straight line and performing a 2D inversion. (b) Velocity model obtained by
performing a 2.5D inversion that preserves the true positions of all shots and receivers. (c) Rays projected into the horizontal plane
for the 2.5D modeling to illustrate the extreme crookedness of the experiment. Model regions not sampled by rays are grey. The
models in (a) and (b) are very similar, confirming the appropriateness of 2D modeling of traveltime data, even in the case of extreme
crooked lines.
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In the late 1980s, a new infinite-frequency forward
modeling approach was introduced in which first-arrival
traveltimes are calculated on a fine grid using a finite-
difference solution of the eikonal equation (Vidale,
1988, 1990; Podvin and Lecomte, 1991). Rays are
obtained by following the gradient of the time field. These
methods are known as wavefront tracking algorithms.
Reflected rays can be calculated in a two-step procedure
by calculating downgoing and upgoing wavefronts (Hole
and Zelt, 1995). Hole and Zelt (1995) also presented
a modification to Vidale’s approach which otherwise
breaks down for velocity contrast of more than 
40%.
The advantage of wavefront tracking methods is that
they find the ray between any two points with the shortest
traveltime, including the diffracted path in the case of
a geometrical shadow zone, and they can be very efficient,
especially for 3D models. The disadvantages are that
they are computationally cumbersome for calculating
later arrivals, and they can be inaccurate and/or com-
putationally intensive for high-contrast media. Another
type of wavefront tracking scheme that solves the
eikonal equation is the fast-marching method, which is
computationally efficient and unconditionally stable
(Sethian and Popovici, 1999).

Nakanishi and Yamaguchi (1986) and Moser (1991)
introduced the shortest path ray-tracing method based on
Fermat’s principle which uses a fine network of nodes
and graph theory. It is capable of handling arbitrarily het-
erogeneous media and calculating first arrivals, reflec-
tions, and multiples. Its advantages over other methods
are robustness and the fact that the grid does not have to
be rectangular or regular. However, its memory and com-
putation requirements are greater. Van Avendonk et al.
(2001) developed a hybrid of the shortest path and ray
bending methods that uses the shortest path algorithm to
find an initial ray, and then refines it using a bending
method. The result is an efficient and robust algorithm to
calculate accurate traveltimes and rays for refractions
and reflections in 2D and 3D media.
Traveltime tomography and inverison
The traveltime t between a source and receiver along a ray
L is given in integral form for a velocity field v(r) as
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t ¼
Z

L

1
vðrÞ dl

where r is the position vector in 2D or 3D media. This is
a nonlinear inverse problem given the relationship
between the measured data (traveltimes) and the unknown
model parameters (the velocity field). However, by
transforming variables to use slowness s(r), the reciprocal
of velocity, instead of velocity as the unknown,
a seemingly linear inversion problem is created:

t ¼
Z

L

sðrÞdl:

However, the ray L is also dependent on the velocity (or

slowness) model, thus making the inverse problem
nonlinear regardless of what form of model variable or
parameterization is used. In global seismology, a 1D
(radially-symmetric) earth model is often used to predict
the rays given the relatively small velocity heterogeneities
in the mantle, and thereby converting the inverse problem
into a linear one. In controlled-source seismology, there is
no concept of a reference model that is sufficiently accu-
rate to predict the rays in advance given the relatively large
velocity heterogeneities that are typically encountered in
the crust. This means the controlled-source tomography
or inverse problem is always treated as a nonlinear one.
This also means the model can be parameterized any num-
ber of ways using velocity or slowness, and cells, nodes,
or splines, since the problem’s nonlinearity must be dealt
with regardless of the parameterization. Most often a line-
arized gradient approach is applied in which a starting
model is used and both the model and rays are updated
over a series of iterations with the hope that there will be
convergence to an acceptable model (the final model).

The model is almost always discretized using cells,
nodes, splines, or other interpolating functions; in the lat-
ter two cases, the discrete model parameters are the coeffi-
cients of the interpolating functions. In the simplest
formulation of the tomography problem, the model is
parameterized using constant-slowness cells, in which
case the equation for the ith data becomes

ti ¼
X
j

lijsj

where lij is the length of the ith ray in the jth model cell
and sj is the slowness in the jth cell. In vector–matrix form
this is

t ¼ Ls:

Applying a Taylor series expansion to this equation

keeping only the linear term and assuming the rays are
independent of slowness yields the perturbation equation

dt ¼ Gds
where dt is the data misfit vector equal to the difference
between the observed traveltimes and those predicted by
a prior model, and ds is the difference between the
unknown slowness model and the prior slowness model;
the unknown model is also called the estimated model.
The partial derivative matrix, G, contains the elements
gij ¼ @ti @sj


, and for the constant-slowness cell parame-

terization, gij ¼ lij, or G = L. In the general case, the ele-
ments of the partial derivative matrix are gij ¼ @ti @mj


where mj is the jth model parameter, which could be the
velocity at a node or the coefficient of an interpolating
function, or the position of an interface within the velocity
model (e.g., Zelt and Smith, 1992). In the general case, the
perturbation equation becomes

dt ¼ Gdm:

The elements of the partial derivative matrix G are

usually calculated analytically to avoid the potential inac-
curacy of numerical differencing and the extra computa-
tion needed to trace additional rays. The approximations
involved in the analytic partial derivatives, e.g., the sta-
tionary ray assumption, are typically not a problem since
the resultant gradient direction in model space will be
improved over a series of iterations.

The perturbation equation is not solved directly
because the unknown model parameters are typically
under- or mix-determined (Menke, 1989), depending on
the model parameterization; with relatively few model
parameters, it is possible for the problem to be overdeter-
mined, but even in this case the perturbation equation is
not solved directly because it is wise to constrain the mag-
nitude of the model perturbation to avoid violating the lin-
earization assumption. Thus, model constraints, in
addition to the observed data, are usually included to sta-
bilize the solution. Also, all observed data contain noise
and to avoid over-fitting noisy data, additional model con-
straints are required to select one model from an infinite
number that will statistically predict the observed data at
the equivalent desired misfit according to the estimated
noise level. This issue points out the non-uniqueness
of all inverse problems involving real data, regardless of
whether the system of equations is overdetermined or
underdetermined.

The additional model constraint is called regulariza-
tion (e.g., Scales et al., 1990), and in addition to stabiliz-
ing a solution, it is an effective way of steering the
solution towards models with desirable pre-defined char-
acteristics. The regularization is most often in the form of
the zero-, first- or second-order spatial derivatives of the
estimated model parameters, or their perturbation from
a background model. This is because it is often desirable
to seek an estimated model that is as close as possible to
another model, and/or a model that has a minimum struc-
ture as measured by its spatial derivatives in keeping with
Occams’s principle (Constable et al., 1987). Regulariza-
tion is always arbitrary, and the specific form of
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regularization that is best for a particular problem
depends on the model parameterization, the data, includ-
ing its coverage and noise level, and the experimental
objectives.

The most common forms of regularization in
traveltime problems are the minimization of the model’s
perturbation from a background model, and/or the
minimization of the second-order spatial derivative of
either the model, or its perturbation from a background
model. A model with minimum perturbation is called
the smallest model; a model with minimum second-order
derivative is called the smoothest model. Any combina-
tion of model constraints may be included as a part of
the regularization to form the objective function, F(m),
where m is the vector containing the estimated model
parameters. The objective function usually measures the
square of the data misfit vector and the square of the per-
turbation or spatial derivative operators comprising the
regularization so that minimizing the objective function
leads to a linear system of equations that is amenable to
efficient algorithms for their exact or approximate solu-
tion. One example of an objective function for the
traveltime problem is

FðmÞ ¼ dtTC�1
d dtþ l b a vTWT

hWhvþszv
TWT

vWvv
� ���

þð1� aÞDvTWT
pWpDv

�þ 1� bð Þ zTWT
zWzz

� �o

where m = v + z; v and z are vectors containing the
estimated model parameters defining the velocity
(or slowness) field and the interfaces (if any); Dv is the
velocity perturbation vector equal to v-vo, and vo is the
background velocity model vector. Cd is the data covari-
ance matrix containing the estimated pick uncertainties
providing the appropriate up-weighting and down-
weighting of the low-noise and high-noise data, respec-
tively. Wh and Wv are the horizontal and vertical
roughness matrices containing the second-order spatial
finite-difference operators that measure the roughness of
the velocity field in the horizontal and vertical directions,
respectively; Wp is the velocity perturbation weighting
matrix which is a diagonal matrix containing the weights
applied to the perturbation between each estimated and
background velocity model parameter;Wz is the interface
roughness matrix containing the second-order spatial
finite-difference operators that measure the roughness of
the interfaces. When applying spatial derivative operators
to the velocity field, it is common to use different opera-
tors to measure the horizontal and vertical structure, and
weight these differently, since one would normally expect
the earth to contain more heterogeneity vertically com-
pared to horizontally. Any or all of these operators may
be normalized by the reference model values so that rela-
tive quantities are penalized as opposed to absolute values
(e.g., Toomey et al., 1994). In addition, the operators can be
weighted according to their spatial position in the model,
e.g., penalize model structure more in the deep portion of
the model versus the shallow portion since one would gen-
erally expect decreasing resolution with depth.

There are four free parameters in this example objective
function to control the relative weight of each term.
l determines the overall amount of regularization, that is,
the trade-off between fitting the data and constraining
the model; b determines the trade-off between velocity
and interface regularization; a determines the trade-off
between second derivative and perturbation regularization
of the velocity parameters; and sz specifies the relative
weight of vertical versus horizontal smoothing regulariza-
tion of the velocity parameters. In some algorithms, l is
not a free parameter because it is reduced automatically
by the algorithm at each iteration from a free-parameter
starting value, lo (e.g., Zelt and Barton, 1998). The reduc-
tion of l stabilizes the inversion by constraining the long-
wavelength structure in the initial iterations and allowing
progressively finer model structure to enter in later
iterations.

Minimizing the objective function with respect to the
unknown model parameters (v and z) leads to a linear sys-
tem of equations that may be relatively small or very large,
depending on the number of data and model parameters.
If the linear system is large, it will also typically be very
sparse (at least 99.9%), in which case there are efficient
algorithms for their solution (e.g., Paige and Saunders,
1982; Rawlinson et al., 2001). If the linear system is rela-
tively small, it can be solved directly using standard
matrix inversion routines, such as LU decomposition
(Press et al., 1992).

The objective function presented is designed to illus-
trate in a single example the different types of regulariza-
tion that are most commonly applied. In practice, the
objective function will typically be simpler depending on
the data, model parameterization, and experimental goal.
This objective function can be simplified or modified to
correspond to those used in most of the popular traveltime
inversion and tomography algorithms used today. For
example, the Zelt and Smith (1992) inverse method
includes only perturbation constraint on the velocity and
interface parameters with respect to the model from the
previous iteration; the Zelt and Barton (1998) tomo-
graphic method includes only smoothness constraints on
the velocity field. Thus, together with their very different
model parameterizations to be discussed in the next sec-
tion, these two algorithms can been viewed as end-
members of the same regularized inverse approach, and
most algorithms in use today fall somewhere in between.
In fact, the main differences between the algorithms
discussed in the next section lies not in the details of the
objective function, but more so in the form of model
parameterization, forward calculation, and the types of
arrivals considered.

For layered models, including both velocity and inter-
face parameters in a single inversion scheme, as opposed
to solving for each parameter separately, either one after
the other, or by alternating between the two, makes the
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 2 Synthetic example of reflection tomography for a
smooth velocity model by Lailly and Sinoquet (1996) based on real data from a passive margin with a salt structure and a listric
fault. (a) True model. The reflectors (white curves) are embedded in the smooth velocity field and are allowed to cross each other.
(b) Estimated model using reflections from the continuous portions of the reflectors (white curves); the parts of the reflectors
represented by dashed lines are not illuminated by rays.
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 3 Example of 3D first-arrival tomography applied to
ocean-bottom-seismometer (OBS) data from the Faeroe Basin to find the minimum-structure model (Zelt and Barton, 1998).
(a) Model obtained using smoothing-regularized tomography. (b) Model obtained using back-projection tomography method of
Hole (1992). Horizontal slices of velocity perturbations with respect to a 1D starting model are shown at the depths labeled from 2 to
10 km. The OBS locations and shot lines are overlaid on the z = 2 km slice. Regions not sampled by rays are blank. Contour interval is
0.1 km/s. Both models provide the same level of fit to the data, but the model from back-projection contains more structure overall.
The high-velocity anomaly at z = 10 km likely indicates a basement high.
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problem significantly more challenging. There will be
more model non-uniqueness because of trade-offs
between the two parameter types, and more prior informa-
tion will be required to deal with the increased ambiguity.
Also, more testing will be required to ensure that the trade-
offs are fully understood. But solving for both parameter
types simultaneously allows one to explore the trade-offs
more thoroughly and is the only way to ensure the overall
minimum-structure model is obtained, if that is the
objective.

Assuming uncorrelated, Gaussian picking errors, and
a model parameterization that does not limit the degree
to which the predicted data can match the variability of
the observed data, a final model should be chosen that pro-
vides a normalized misfit, w2, of one (Bevington, 1969).

w2 ¼ 1
N

dtTC�1
d dt

� �

where N is the number of data. A model that provides a w2
value less than one means the observed data are being
over-fit, and therefore to some extent, the noise in the data
is also being fit. Although the w2 criterion is a good rule of
thumb, there are several instances in which it should not be
followed. First, traveltime picking errors are likely not
uncorrelated. Second, for spatially sparse data from
a region with strong lateral heterogeneities, it may be nec-
essary to use so many independent model parameters in
order to achieve w2 ¼ 1 that the constraint on some param-
eters is unacceptably small, in which case fewer parame-
ters may be preferable and a w2 value greater than one is
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Traveltime Tomography Using Controlled-Source Seismic Data, F
tomography of sparse crustal data across the Tintina strike-slip fault
shows the lower crustal velocity averaged vertically between 1 and 1
show reflection points. Right panel shows the upper mantle velocity
are shot locations. The straight lines labeled 21 and 22 indicated th
locations. Regions not sampled by rays are blank. Dashed line is th
upper mantle velocity across the fault.
allowed (Zelt, 1999). An inability to achieve w2 ¼ 1 may
be because of inconsistent picking, for example for recip-
rocal pairs, in which case the inconsistencies should either
be corrected or used as the basis for assigning the pick
uncertainties in the first place (e.g., Zelt et al., 2006a).

Algorithms
This section describes many of the algorithms available
today, each with its own capabilities and limitations. Some
of the earliest 2D traveltime tomography and inversion
algorithms were presented by Firbas (1981) and White
(1989) which used regular parameterizations and only first
arrivals, and Spence et al. (1985) which allowed an irreg-
ular model grid and later arrivals. Lutter and Nowack
(1990) and Lutter et al. (1990) developed a 2D inversion
algorithm using a regular grid of nodes and numerical
ray tracing that allows for the independent inversion of
first arrivals and reflections for velocity and interface
geometry, respectively. The Zelt and Smith (1992) 2D
algorithm is the opposite in many respects. An irregular
grid of velocity and interface nodes can be used, and any
type of refracted or reflected arrival can be inverted simul-
taneously for velocity and interface geometry. In addition,
unique to the Zelt and Smith (1992) algorithm, it allows
any subset of the total set of model parameters to be
inverted for, holding all others fixed, facilitating an auto-
mated forward modeling approach and making it straight-
forward to incorporate prior information. Clowes et al.
(1995) used the Zelt and Smith (1992) algorithm to simul-
taneously invert refraction and reflection times from
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igure 4 Example of simultaneous 3D first-arrival and reflection
in the northern Canadian Cordillera (Zelt et al., 2006b). Left panel
5 km above the Moho. Center panel shows depth to Moho; dots
averaged vertically between 1 and 15 km below the Moho. Stars
e best-fit lines of the crooked profiles containing the receivers
e surface location of the fault. There is a 0.3–0.4 km/s change in
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a network of 2D profiles such that the model parameters at
the intersection points were linked to ensure consistency.
This approach can be used to infer 3D structure from 2D
data, or develop a starting model for full 3D inversion if
offline data is available in addition to inline data (e.g., Zelt
et al., 1999).

Hole (1992) developed a 3D first-arrival tomography
algorithm using the Vidale (1990) forward modeling
scheme and back projection to solve for a smooth velocity
field. Hammer et al. (1994) developed a 3D first-arrival
tomography algorithm specially suited to sparse data
using a spectral, continuous function model parameteriza-
tion. Toomey et al. (1994) developed a 3D first-arrival
tomography algorithm to obtain a smooth velocity field
in which the velocity grid is “draped” from an irregular
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Traveltime Tomography Using Controlled-Source Seismic Data, F
tomography of OBS data and coincident single channel reflection pr
(Hobro et al., 2005). (a) Seafloor depth. (b) Bottom simulating reflec
through the velocity model at the seafloor, at 50-m intervals throu
Labeled contours indicate velocities (km/s) and color scale marks fo
are marked. Refracted arrivals from above and below the BSR were i
from the BSR.
bathymetric surface by vertically shearing the columns
of nodes to accurately model seafloor relief. Vertically
sheared grids are particularly important for marine data,
especially at mid-ocean ridges, where a large velocity dis-
continuity may exist. Other algorithms with sheared grids
have been developed by Van Avendonk et al. (1998) and
Korenaga et al. (2000), although they are limited to 2D
models, but include reflections. The main difference
between these two algorithms is the former uses first
arrivals that can turn above or below a reflecting interface
at which there is no velocity discontinuity, whereas the lat-
ter only uses first arrivals that turn above a reflecting
interface.

Lailly and Sinoquet (1996) developed a 2D algorithm
for inverting reflection times to estimate a smooth velocity
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Traveltime Tomography Using Controlled-Source Seismic
Data, Figure 6 Example of model assessment for near-surface
3D first-arrival tomography at a groundwater contamination site
(Zelt et al., 2006a) using the Zelt and Barton (1998) regularized
inversion algorithm seeking a minimum-structure model. Target
of the surface was a low-velocity paleochannel cut into a clay
layer running roughly north-south through the center of the
survey area. The depth to the clay layer was known from
extensive well data in the area; depth-to-clay contours (green)
from 7 to 11 m overlay the depth slices at 10 m for this
comparison of nine different models. Models displayed as
perturbations relative to a 1D starting model; the starting
velocity at this depth is 1150ms/s. The preferred final model is in
the center. The other models were obtained by trying two
different starting models, different values for five free
parameters that control the inversion, and by fixing the model
above 3 m at the starting model values. Overall, the preferred
model has minimum structure; the model in the lower left
appears simpler in this depth slice, but it is rougher vertically.
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model for pre-stack depth migration of reflection data
using the wavefront tracking method of Podvin and
Lecomte (1991) for the forward calculation (Figure 2).
Zelt and Barton (1998) developed a 3D first-arrival
tomography algorithm using smoothing regularization
and compared the results with those from the back-
projection method of Hole (1992) (Figure 3). The results
showed that for the same level of fit to the data, regular-
ized inversion can provide a simpler model. Zelt et al.
(2006b) applied 3D simultaneous refraction and reflection
tomography to solve for smooth velocities and multiple
interfaces using a sparse crustal-scale 3D dataset
(Figure 4). McCaughey and Singh (1997) and Hobro et al.
(2003) developed related 2D and 3D simultaneous refrac-
tion and reflection tomography algorithms that solve for
smooth velocities and interfaces with the allowance for
discontinuities across the layer boundaries (Figure 5).

Most of the algorithms described above are general pur-
pose in nature and follow more or less from the objective
function presented in the previous section. However, more
specialized algorithms have been developed and a few are
described here to give a sense of what is possible. Hole
et al. (1992) developed an algorithm for determining
a 3D interface using first arrivals with known velocities
above and below the interface. Zhang et al. (1998)
inverted traveltime curves instead of points, specifically
average slowness and apparent slowness. They claim this
balances the contribution from short and long rays, and
enhances resolution and convergence speed. Rawlinson
and Sambridge (2003b) developed an algorithm for the
inversion of refraction and reflection times using a 3D
multi-layered model parameterization. Interfaces are
defined by a non-uniform node distribution and velocities
vary linearly with depth so rays are calculated analytically
as piece-wise circular arcs using a shooting method.
Trinks et al. (2005) presented a method for simultaneous
refraction and reflection inversion using a 2D layered
model parameterization which adapts to non-uniform ray
coverage such that the cell size is inversely proportional
to the local ray density.

Refraction/wide-angle reflection traveltimes can be
jointly inverted with coincident near-vertical reflection
times in several ways (Zelt, 1999). Arrivals in pre-stack
reflection data can be picked and inverted jointly with
the wide-angle data, but it is often difficult to pick weak
events in pre-stack data. The most common approach is
to pick reflections from a stacked reflection section and
invert these data simultaneously with the wide-angle data
by modeling zero-offset reflections (e.g., McCaughey and
Singh, 1997; Zelt et al., 2003). One potential pitfall when
using coincident reflection data is incorrectly correlating
the near-vertical reflection event with the corresponding
wide-angle event or layer boundary; Jaiswal et al. (2006)
present a way to avoid this problem. As an alternative to
joint inversion, the reflector geometries and interval veloc-
ities from stacked data can be used as prior information in
the regularization to constrain a layered velocity model
(e.g., Bosch et al., 2005).
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 7 Example of 2D first-arrival checkerboard test for
crustal data from an onshore-offshore experiment across the South American-Caribbean plate boundary at 67�W (Magnani et
al., 2009). There were shots and receivers both onshore and offshore. (a)–(e) show recovered checkerboard anomalies for sizes
from 25�2.5 km to 150�15 km. (f) Estimated lateral resolution of the velocity model using a 2D version of the method presented
by Zelt (1998). Regions with better than 25 km resolution are black; regions with worse than 150 km resolution are white. Pink
line indicates the land surface and bathymetry. The coast line is at 
160 km. Black line indicates the Moho from the preferred
final model.
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The close relationship between seismic velocity and
density (Brocher, 2005) lends gravity data to a joint inver-
sion with traveltime data. Nielsen and Jacobsen (2000)
used the Zelt and Smith (1992) algorithm as the basis for
a simultaneous inversion of refraction and reflection times
with gravity data to derive a layered 2D crustal model.
Korenaga et al. (2001) carried out a joint inversion of
traveltime and gravity data in which error propagation
from the velocity model to the predicted gravity anomalies
was taken into account.
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 8 Example from central India across the Narmada-Son
lineament of applying two different traveltime inversion algorithms to the same refraction/wide-angle reflection data (Zelt et al.,
2003) to compare the “geological” model with theminimum-structure model. (a) Layeredmodel parameterization using the Zelt and
Smith (1992) algorithm; there are 43 velocity nodes (blue dots) and 21 interface nodes (red squares). (b) Velocity model
corresponding to parameterization in (a); both first arrivals and reflections from the top of the third layer were used. (c) Fine-grid
model parameterization using the Zelt and Barton (1998) algorithm to seek a smooth minimum-structure model; there are 7018
slowness cells. (d) Velocity model corresponding to parameterization in (c); only first arrivals were used. Only those portions of the
models sampled by rays are shown. Isovelocity contours of 5.0 km/s (black) and 6.0 and 6.1 km/s (white) indicated. Shot point
locations (black dots) and geologic features labeled above themodels. An interpretation of themain features of the geological model
in (b) is supported by the minimum-structure model in (d) since it contains the same features.
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Model assessment
Once a model to explain a particular set of data is devel-
oped, model assessment should be used to explore the
non-uniqueness, resolution, and errors associated with
the model. This is an attempt to quantify the robustness
of the model, a process that is not straightforward for
nonlinear inverse problems, and different assessment
techniques will be appropriate depending on the data,
model parameterization, geologic target, and objectives
of the experiment. There are two classes of assessment
methods: linear and nonlinear. The former methods
assume it is valid to consider only a local neighborhood
of the final model within which the model-data relation-
ship is linear. The latter methods involve additional
nonlinear inversions of the real data or synthetic data using
the true source-receiver geometry of the experiment.
Linear methods are quick and easy to apply, although
potentially less reliable depending on the nonlinearity of
the problem. Nonlinear methods are computational
intensive, often more so than what was needed to derive
the final model, and may require a specialized inversion
algorithm. However, nonlinear methods are the only way
to properly estimate the final model’s robustness. Zelt
(1999) and Rawlinson and Sambridge (2003a) describe
many of the assessment techniques in use today, while Zelt
et al. (2006a) apply several different techniques to the
same 3D dataset (Figure 6).

The simplest form of model assessment is to examine
the ray coverage in the model using ray plots or “hit
counts” (the number of rays sampling each model param-
eter). These can be misleading since a limited distribution
of ray angles may provide less independent model con-
straint than expected from the number of rays alone. For
example, rays in the uppermost mantle will tend to be
sub-horizontal, and therefore capable of providing little
lateral resolution. Toomey et al. (1994) used a measure
called derivative weight sum (DWS) that equals the sum
of the partial derivatives for each model parameter. This is
somewhat more meaningful than hit count since it weights
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 9 Example of model assessment using a nonlinear
Monte Carlo procedure to estimate model variance (Korenaga et al., 2000). (a) Velocity model for the southeast Greenland
continental margin obtained by joint traveltime inversion of first arrivals and wide-angle Moho reflections recorded at 18 OBS’s
and eight land stations (white circles). This model was obtained by averaging 100 Monte Carlo ensembles. (b) Corresponding
standard deviation for velocity and depth nodes; the standard deviation of the Moho is indicated by the width of the grey zone at
the base of the crust.
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the contribution from each ray according to the parameter’s
sensitivity to that ray. However, it also fails to account
for the degree of independence within the ray set. Other
common linear assessment measures include an examina-
tion of the diagonals of the posterior resolution and covari-
ance matrices (e.g., Zelt and Smith, 1992). These are more
precise measures since they account for the independence
of the ray set, but they are best used in a relative as
opposed to absolute sense, since they do not account for
the nonlinearity of the problem. Rows of the resolution
matrix, known as resolution kernels, provide a spatial
sense of the averaging of the true structure by the model
(Zelt, 1999). Probably the most precise linear assessment
method uses singular value decomposition (SVD) since
it is able to quantify the nature and degree of model con-
straint through construction of an orthogonal set of basis
vectors that span model space, each with a specified
weight in the model reconstruction (e.g., White, 1989;
Scales et al., 1990).
A nonlinear assessment of the spatial resolution or
uncertainty of a single model parameter, or set of parame-
ters, is possible in which the real data and synthetic data
are inverted in the same way that the final model was
derived, allowing the full nonlinearity of the problem to
be accounted for, including trade-offs between model
parameters (Zelt and White, 1995; Zelt, 1999; Christeson
et al., 1999). For spatial resolution, the value of a model
parameter is perturbed enough to yield a significant
traveltime anomaly with respect to the pick uncertainties.
Rays are traced through the perturbed model to calculate
a set of perturbed traveltimes. The perturbed data are then
inverted using the final model as the starting model. The
spatial resolution about the selected parameter will be
indicated by the amount that the values of adjacent param-
eters differ from their corresponding value in the original
final model. If the model is poorly resolved about the
selected parameter, then the parameter’s perturbation will
be smeared into adjacent parameters, perhaps both
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 10 Example of near-surface 3D first-arrival tomography at
a groundwater contamination site (Zelt et al., 2006a) using the Zelt and Barton (1998) regularized inversion seeking a minimum-
structure model. The Horizontal depth slices from 6 to 14 m displayed as perturbations relative to a 1D starting model. Black contour
interval is 100 m/s. Target of the surface was a low-velocity paleochannel cut into a clay layer running roughly north-south through
the center of the survey area. The depth to the clay layer was known from extensive well data in the area; depth-to-clay contours
(green) from 7 to 11 m overlay the 8 and 10 m depth slices. This experiment consisted of 
600 shots recorded by 
600 receivers
yielding 
360,000 traces, providing 187,877 useable picks for the inversion.
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velocities and interface depths if both parameter types are
involved, and the extent of the smearing indicates the spa-
tial resolution. Both positive and negative parameter per-
turbations should be tested, and it will likely be
sufficient to examine only one or two representative
velocity and interface parameters for each layer or region
of the model.

A parameter-selective algorithm such as the Zelt and
Smith (1992) approach allows for a nonlinear estimate of
a single parameter’s absolute uncertainty (Zelt, 1999).
The value of the model parameter is slightly perturbed
from its value in the final model and held fixed while
inverting the observed data involving all other model
parameters. The size of the perturbation is increased until
the recovered model is unable to fit the observed data as
well as the preferred final model based on an F test com-
paring the traveltime fits of the preferred and perturbed
final models. The maximum parameter perturbation that
allows a comparable fit to the observed data is an estimate
of its absolute uncertainty. Again, both positive and nega-
tive parameter perturbations should be tested, and it will
likely be sufficient to examine only one or two representa-
tive velocity and interface nodes for each layer or region of
the model. A fine grid tomographic approach can also be
used to perform tests like these. For example, Zelt and
Barton (1998) examined one region of a model where
there was significant lateral structure even though the con-
straint from the ray coverage was known to be low in this
area. They added regularization to the inversion to force
that region to remain laterally homogeneous and thereby
establish the required trade-offs elsewhere in the model.
One of the most common forms of nonlinear model
assessment to estimate spatial model resolution is the
checkerboard test (e.g., Magnani et al., 2009; Figure 7).
In these tests an alternating pattern of high and low anom-
alies is superimposed on the starting model from the inver-
sion of the real data. Synthetic data are calculated for the
“checkerboard” model, and then inverted using the same
starting model and source-receiver geometry as the real
data. The recovered model will closely resemble the
checkerboard pattern in regions of good constraint, but
will otherwise not resemble the checkerboard model.
The resolution at different length scales can be estimated
by testing anomaly patterns of different sizes. Anomaly
patterns with different polarity, registration, and orienta-
tion should be tested to average out the effects of changing
ray coverage due to the nonlinearity of the problem (Zelt,
1998).

Other nonlinear assessment techniques include trying
different starting models, different values of the free
parameters in the objective function, and exclusion of
subsets of the data considered less reliable (e.g., Zelt
et al., 2006a; Figure 6). Using different model parameter-
izations and different inversion algorithms can be effec-
tive, especially when one inversion algorithm seeks
a model that satisfies all notions of what is geological rea-
sonable, and one algorithm seeks the minimum-structure
model (Figure 8; Zelt et al., 2003). In this way, it is pos-
sible to determine what model structure is consistent with
the data to facilitate hypothesis testing, while at the same
time establishing what model structure is required by
the data.
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Perhaps the most complete and computationally inten-
sive form ofmodel assessment involves a nonlinearMonte
Carlo procedure. Many inversions are performed in which
randomized data and/or randomized starting models are
used. The resulting models are used to compute posterior
model covariance and resolution estimates. Zhang et al.
(1998) and Korenaga et al. (2000) applied this approach
to 2D inversions of first arrivals and reflections (Figure 9).
More examples
The examples in Figures 1–9 demonstrate the types of
models that can result from a wide range of controlled-
source experiments. The remaining examples presented
in this section are intended to round out the range of appli-
cations to which traveltime tomography and inversion are
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over a buried waste disposal site seeking a smooth model (Lanz et
computed using 200 randomized datasets. (b) Mean velocity mode
from inversion of original picked data. Open circles are shot locatio
geophysical techniques.
applied in controlled-source studies, and the types of
model structure that can result. The main purpose of the
examples is to show what is possible in terms of tomo-
graphic imaging of different kinds of geologic features in
the near-surface, upper crust, lower crust, and uppermost
mantle using traveltime data. All examples shown in this
article use only P-wave traveltime data.

Zelt et al. (2006a) applied the regularized 3D first-
arrival tomography algorithm of Zelt and Barton (1998)
to a dense 3D dataset from a groundwater contamination
site (Figure 10). Lanz et al. (1998) applied 2D first-arrival
tomography and a Monte Carlo scheme to estimate
a smooth model with standard deviations for a buried
waste disposal site (Figure 11). Pratt and Chapman
(1992) applied 2D first-arrival tomography to crosswell
data to simultaneously determine velocity and anisotropy
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isotropy is assumed and regularization was used to seek a smooth model (Pratt and Chapman, 1992). The velocity and anisotropic
parameters were solved for simultaneously. (a) Comparison of isotropic velocity model and horizontal velocity model from
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Traveltime Tomography Using Controlled-Source Seismic Data, Figure 13 Example of imaging the near-surface weathering layer
(i.e. the refraction statics problem) using smoothing regularization (Scales et al., 1990). Shots were placed at either end of the
model and there were 100 receivers between them. (a) True model. Refractor velocity is 5000 ft/s. (b) Starting model with blocky
thickness variations in the weathering layer. Refractor velocity is 4000 ft/s. (c) Final model. Refractor velocity is 5001 ft/s. The inversion
solved simultaneous for a laterally-varying weathering-layer velocity and refractor, and a constant refractor velocity.
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parameters (Figure 12). Scales et al. (1990) imaged a near-
surface weathering layer using 2D first-arrival times, solv-
ing simultaneously for lateral variations in the velocity
and thickness of the layer (Figure 13). Hole et al. (2006)
applied 2D first-arrival tomography to data recorded
across the San Andreas Fault using two different algo-
rithms (Figure 14). Dunn et al. (2000) applied 3D refrac-
tion and reflection tomography incorporating anisotropy
to data from the East Pacific Rise (Figure 15). Van
Avendonk et al. (1998) inverted refraction and reflection
times for a smooth 2D velocity model and an assumed flat
Moho across the Clipperton transform fault (Figure 16).
Clark et al. (2008) inverted refractions and reflections
from an onshore–offshore survey across the South
American-Caribbean plate boundary using a smooth
tomography approach for the upper crust, and a layer-
based inversion for the lower crust, Moho, and upper
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Future
Full 3D seismic experiments are likely to become more
commonplace, necessitating the need for some of the pop-
ular 2D tomography and inversion algorithms to be
extended to 3D. It is likely that three-component, S-wave,
and converted-wave studies will become more wide-
spread, especially for near-surface environmental and
engineering studies, necessitating the need for algorithms
that can perform coupled P-wave, S-wave, or Poisson’s
ratio inversions. The desire to incorporate or determine
anisotropy will likely become more commonplace in the
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Traveltime Tomography Using Controlled-Source Seismic
Data, Figure 15 Example of 3D refraction and reflection
tomography across the East pacific Rise at 9�30’N for crust and
uppermost mantle structure (Dunn et al., 2000). There were
15 OBS’s and 480 explosive sources. Refracted arrivals from the
crust and upper mantle and reflections from the Moho were
simultaneously inverted. Anisotropy of 4% in the crust and 7% in
the upper mantle was included in the modeling. Final velocity
model as perturbations relative to a 1Dmodel are shown and are
contoured at 0.2 km/s intervals. (a) vertical section through the
center of themodel. (b–g) Depth slices from 1.2–8.0 km beneath
the seafloor. The low-velocity body is interpreted to represent
melt distribution within a magmatic system.
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future, and there are currently only a few traveltime algo-
rithms that include any form of anisotropy (e.g., Dunn
et al., 2000).

For all scales of seismic experiments, the need for
flexible, general-purpose traveltime tomography and
inversion algorithms will remain, both as the primary
modeling tool and to provide long-wavelength starting
models for higher-resolution full waveform inversion
techniques (e.g., Brenders and Pratt, 2007). The Zelt and
Smith (1992) traveltime inversion algorithm has been
widely used for many years for several reasons: (1) an
irregular, layered model parameterization adaptable to
the data coverage and geologic structures, (2) parameter-
selective inversion, (3) any type of body-wave data can
be modeled, and (4) it is easy to incorporate prior informa-
tion. As such it stands apart from most other popular algo-
rithms that use a uniform, fine grid parameterization, and
consider only first arrivals, and in some cases reflections.
However, the Zelt and Smith (1992) algorithm was pri-
marily intended for relatively sparse 2D data. There will
likely be a niche for a new version of the Zelt and Smith
algorithm if it maintains all of its current advantages, but
is extended to 3D and includes regularization to handle
dense data, namely second-order derivatives to seek
a smooth, minimum-structure model.

About 10 years ago, a theory for traveltime tomography
was developed in global seismology to take into account
the finite-frequency nature of seismic data (Dahlen et al.,
2000). This method is known as finite-frequency
traveltime tomography and it yields what are popularly
known as banana-doughnut sensitivity kernels. By taking
finite-frequency effects into account, this form of
traveltime tomography should, theoretically, yield
a more accurate estimation of velocity anomalies in terms
of their magnitude and spatial resolution because the phys-
ics of wave propagation is treated more accurately. The
theory developed for global seismology uses as input data
delay times relative to a reference Earth model, and as
such the theory is generally not applicable to controlled-
source data. This is because for controlled-source data
there is no requisite reference velocity model known in
advance that is capable of yielding realistic synthetic
waveforms that are close enough to the recorded
seismograms to yield a meaningful delay time through
cross correlation of the waveforms because the crust and
near-surface are much more laterally heterogeneous than
the mantle. As a result, a nonlinear inverse method must
be used, requiring a starting model, an iterative method
and recalculated travel paths at each iteration. In addition,
the method must be capable of calculating a frequency-
dependent traveltime along the total path, as opposed to
a delay time. Zelt (2009) presented a finite-frequency
traveltime tomography method specifically designed for
controlled-source data, that is, a nonlinear inversion of
total traveltimes, with frequency taken into account for
both the forward calculation of traveltimes, and in the
inverse step by calculating the appropriate frequency-
dependent sensitivity kernels. The results show it is
possible to achieve more accurate velocity estimation
than in the equivalent infinite-frequency-derived models.
And in addition, applications without any regularization
are possible, and therefore finite-frequency traveltime
tomography has the potential to allow the data alone to
determine the model structure in a robust manner. These
characteristics of finite-frequency traveltime tomography
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suggest that it will play an important role in the future.
This is especially true for near-surface studies where infi-
nite-frequency (ray) theory is least likely to be valid
because the length scales of heterogeneities are often com-
parable or smaller than the seismic wavelengths.
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Definition
Dispersive. Characteristic of waves whose velocity of
propagation depends on wave frequency. The shape of
a dispersive wave packet changes as it moves along.
Eigenfunction. Functional shape of the horizontal and ver-
tical components of wave motion versus depth in the
ocean for a specific wave frequency.
Geometrical spreading. Process of amplitude reduction
resulting from the progressive expansion of a wave from
its source.
Run-up. Final phase of tsunami life starting when the wave
shoals to a size equal to the water depth and begins to
break, and ending when the water runs over land and
reaches its highest level.
Shoal. Process of waves coming into shallow water.
Shoaling waves slow, shorten their wavelength, and grow
in size.
Wavenumber. Wavenumber k equals 2p divided by wave-
length l. Large wavenumbers associate with short waves
and small wavenumbers associate with long waves.

Tsunami are gravity-driven water waves. They belong
to the same family as common sea waves that we see every
day; however, tsunami are distinct in their mode of gener-
ation and in their physical traits. Unlike common sea
waves that evolve from persistent winds, most tsunami
spring from sudden shifts of the ocean floor. These sudden
shifts can originate from undersea landslides and volca-
noes, but mostly, submarine earthquakes parent tsunami.
Compared to wind-driven waves, tsunami waves have
periods, velocities, and wavelengths ten or a hundred
times larger and present profoundly different shoreline
consequences than do their common cousins.

Tsunami = killer wave?
In the years since the 2004 Sumatra earthquake, everyone
has seen disturbing videos of tsunami-caused destruction.
Certainly the prospect of a “killer wave” born from some
far off earthquake is frightening. More so is the thought
that after traveling with stealth great distances, that wave
might suddenly rise up without warning at your own door-
step. Could it be me desperately floating by in the next tsu-
nami video?

Understandably, worst-case scenarios of natural haz-
ards come to mind, but it is important to keep perspective.
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Tsunami over 2 m high are not common. It takes
a submarine earthquake greater than magnitude M8 to
source a wave of this size. On a global average, only one
M8+ earthquake occurs per year. Of these, maybe one in
five strikes under the ocean with an orientation favorable
for tsunami excitation. True, tsunami decay in transit and
have shorter run-up at distant shores, so wave damage
tends to localize within 1,000 km of that one in five
quakes. On these accounts, tsunami that induce wide-
spread damage and casualties number only about one per
decade. Even at that modest recurrence rate, your personal
risk is mitigated increasingly through education and tech-
nology. Today, ocean bottom pressure sensors detect
stealthy tsunami of a few centimeters height in the open
sea. Moreover, with advances in understanding, commu-
nication, and implementation since the 2004 Sumatra
earthquake, scientists are better, quicker, and more spe-
cific at prediction than they were just a decade past. There
is a good chance now that you will be warned and take
action even if that rare wave does come your way.

Tsunami characteristics
Tsunami period, velocity, and wavelength
When discussing tsunami, I like to contrast them with
something that we all have experienced – waves at the
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oceans of 100 m to 6 km depth (top). Wavelength associated with
beach. Tsunami belong to the same family as these
ordinary ocean waves but with major distinctions: prin-
cipally tsunami period, tsunami velocity, and tsunami
wavelength.

Tsunami period. The period (T ) of a wave equals the
time elapsed between one passing crest and the next. Com-
mon beach waves have a period of about 10 s (darkened
column right side Figure 1). The period of tsunami
depends upon what creates it (earthquake, landslide, aster-
oid impact), but I can tell you that tsunami have far greater
periods than beach waves. The “tsunami window” in
Figure 1 covers waves of 70, 200, 500, or even 2,000 s
periods. Unlike “splash and dash” beach waves, tsunami
arrive and may continue to flow in for several minutes.
I like the description – “The ocean turns into a river.”Any-
one who has seen those 2004 Sumatra videos can testify
that tsunami act more flood-like than wave-like.

Tsunami velocity. Under classical theory, the phase c
(o), and group u(o) velocity of surface gravity waves on
a flat ocean of uniform depth h are:

cðoÞ ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
gh tanh kðoÞh½ 	
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uðoÞ ¼ cðoÞ 1
2
þ kðoÞh
sinh 2kðoÞh½ 	

� 	
: (2)

Here, g is the acceleration of gravity (9.8 m/s2) and k(o)

is the wavenumber associated with a sea wave of frequency
o = 2p/T. Wavenumber connects to wavelength as l(o) =
2p/k(o) and to phase velocity as c(o) = o/k(o).
Wavenumber also satisfies the relation:

o2 ¼ gk oð Þtanh kðoÞh½ 	: (3)
For surface gravity waves spanning 1–50,000 s period,
Figure 1 (top) plots c(o) and u(o). These velocities vary
widely and increase for waves of longer periods in deeper
water. The speed of ordinary sea waves is about 15 m/s
(50 km/h) – the speed of a moped. Because of their longer
period, waves in the tsunami window travel much more
rapidly, reaching 160–250 m/s (600–900 km/h) in the
open ocean. It is said that deep-water tsunami travel
at the speed of a jet airliner. While true, be aware that
wave energy is the quantity that runs ahead at jet speeds.
The physical bits of water in a deep-water tsunami move
less than a meter per second (see next section). Waves
whose velocity varies with frequency are called disper-
sive. During propagation, dispersion “pulls apart” origi-
nally pulse-like waves into their component frequencies.
Dispersion is strongest for waves whose period falls
on the steepest slopes of the group velocity curves in
Figure 1.

Tsunami wavelength.Wavelength measures the distance
between one wave crest and the next. Wavelength equals
the product of wave period times phase velocity l(o) =
Tc(o). Common beach waves have a wavelength of
about 100 m – the length of a football field (Figure 1, bot-
tom). Tsunami, with their longer period and higher velocity,
have much longer wavelengths than beach waves. In the
deep ocean, tsunami span 10, 30, even 100 km between
crests. If you could stand on one tsunami crest, the next
onemight be over the horizon.With wavelengths this large,
tsunami slopes are very small even if the wave has large
amplitude. For ships at sea, tsunami pass completely
unnoticed.

Short wave versus long wave: Discussions of waves of
length l in oceans of depth h sometimes include two simpli-
fications: a long wave approximation (l >> h, 1/k >> h)
and a short wave approximation (l<< h, 1/k<< h). Under
a long wave approximation [kh ! 0, tanh(kh) ! kh,
sinh(2kh) ! 2kh] Equations 1–3 predict nondispersive
wave propagation with c(o) = u(o) =

ffiffiffiffiffi
gh

p
. Long wave

theory holds for the flat part of the curves in Figure 1
(top). Under a short wave approximation, [kh ! ?,
tanh(kh)! 1, sinh(kh)!?] the equations predict disper-
sive propagation with c(o) = 2u(o) = gT 2p= . Short wave
theory holds to the right in Figure 1 (top) where all the
curves lie atop each other. Waves in the tsunami window
have intermediate character, behaving like shallow water
waves at their longest periods and like deep-water waves
at their shortest periods. Neither the long nor the short wave
simplification serves adequately in tsunami studies.
A rigorous treatment requires an approach that works for
waves of all lengths.

Tsunami eigenfunctions
Tsunami also differ from waves at the beach in the way
they move the ocean. Tsunami eigenfunctions describe
wave motion in a tsunami mode of a particular frequency.
Consider coordinate system (x, y, z) where x̂ points north,
ŷ east, and ẑ down. Vertical (uz) and horizontal (ux) com-
ponents of tsunami eigenfunctions normalized to vertical
amplitude Az at the sea surface are:

uzðo; zÞ ¼ Az
kðoÞg
o2

sinh½kðoÞðh� zÞ	
cosh½kðoÞh	 ei½kðoÞx�ot	

(4)
uxðo; zÞ ¼ Az
�ikðoÞg

o2

cosh½kðoÞðh� zÞ	
cosh½kðoÞh	 ei½kðoÞx�ot	

Figure 2 plots tsunami eigenfunctions versus depth in

a 4-km deep ocean at long (1,500 s), intermediate (150 s),
and short (50 s) periods. The ellipses trace the path of
a water particle as a wave of frequency o passes. At 50-s
period (Figure 2, right), ordinary ocean waves have deep-
water behavior. Water particles move in circles that decay
exponentially from the surface. Sensibly, because the
eigenfunctions of short waves do not reach to the seafloor,
their velocity is independent of ocean depth [c(o) = 2u(o)
= gT 2p= , Figure 1, top right]. The failure of short waves
to “feel” the seafloor also means that they cannot be excited
by deformations of it. The only means to excite ordinary
ocean waves is to disturb the surface.

At 1,500 s period (Figure 2, left), the tsunami has
a wavelength of l = 297 km and it acts like a long wave.
Although vertical displacement peaks at the ocean surface
and drops to zero at the seafloor, horizontal displacement
persists undiminished through the ocean column. Unlike
ordinary waves that are confined near the sea surface,
the energy of a tsunami spreads through the entire depth
of the sea. You cannot out dive a tsunami. This fact
explains why tsunami can be detected by pressure sensors
on the seafloor. A second distinction of tsunami versus
ordinary sea waves is that their horizontal motion far
exceeds their vertical motion. Every meter of up and down
in a 1,500-s tsunami involves �10 m of back and forth. If
you were to build a shore-based or space-based “tsunami
detector,” the large horizontal motions might make
a better target than the vertical motions. Applications of
Doppler radar come to mind.

Toward the short period side of the tsunami window at
150 s (Figure 2, middle), l decreases to 26 km. For these
tsunami waves, long wave characteristics begin to break
down, and horizontal and vertical motions more closely
agree in amplitude.
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From (4), it is easy to deduce the peak velocity of sur-
face water in waves of amplitude Az as:

vmax
x ðo; z ¼ 0Þ�� �� ¼ AzkðoÞg

o
¼ Azg

cðoÞ : (5)

For long waves c(o) equals
ffiffiffiffiffi
gh

p
, and peak surface
water velocity in a 1-m amplitude tsunami in 4,000 m of
waver would be just 4.9 cm/s. Peak water velocity at the
sea floor

vmax
x ðo; z ¼ hÞ�� �� ¼ Az kðoÞg

o cosh½kðoÞh	
¼ Azg

cðoÞ cosh½kðoÞh	
(6)

is even less. As mentioned, although tsunami travel at sev-
eral hundred meters per second, the water itself moves at
a tiny fraction of this.

Tsunami excitation
Tsunami get started in many ways. Suppose that the sea-
floor at positions r0 uplift instantaneously by an amount
ubotz (r0) at time t(r0). Under classical tsunami theory in
a uniform ocean of depth h, this sea bottom disturbance
produces surface tsunami waveforms (vertical compo-
nent) at observation point r = xx̂ + yŷ and time t of

usurfz ðr; tÞ ¼ Re
Z

k

dk
ei½k�r�oðkÞt	

4p2 coshðkhÞFðkÞ: (7a)
with

F kð Þ ¼
Z

r0

dr0 u
bot
z ðr0Þe�i½k�r0�oðkÞtðr0Þ	 (7b)

k = |k|, and o2ðkÞ ¼ gk tanh khð Þ. The integrals in (7a, 7b)
cover all wavenumber space and locations r0 where the
seafloor disturbance ubotz (r0) 6¼ 0.

Equation 7a looks scary but it has three identifiable
pieces:

(a) The F(k) term is the wavenumber spectrum of the
seafloor uplift. This number relates to the amplitude,
spatial and time distribution of the uplift. Tsunami
trains are dominated by wavenumbers in the span
where F(k) is the greatest. The peak of F(k) corre-
sponds to the characteristic dimension of the uplift.
Large-dimensioned uplifts produce longer wavelength,
lower frequency tsunami than small-dimensioned
sources.

(b) The 1/cosh(kh) term comes from the tsunami
eigenfunction shapes (4) and it acts to low-pass filter
the source spectrum F(k). Because 1/cosh(kh) ! 1
when kh ! 0, and 1/cosh(kh) ! 0 when kh ! ?,
the filter favors long waves. Due to the low-pass filter
effect of the ocean layer, only wavelengths of the
uplift that exceed three times the ocean depth (i.e.,
kh = 2ph/l <� 2) contribute much to tsunami.

(c) The exponential term in (7a) contains all of the propa-
gation information including travel time, geometrical
spreading, and frequency dispersion.
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By rearranging Equation 7a, 7b, vertical tsunami
motions at r can also be written as:

usurfz ðr; tÞ ¼ Re
Z ?

0

k dke�ioðkÞt

2pcoshðkhÞ
X?
n¼�?

JnðkrÞeinyFnðkÞ

with

FnðkÞ ¼
Z

r0

dr0 u
bot
z ðr0Þ Jnðkr0Þ eiðoðkÞtðr0Þ�ny0Þ

(8)

Here y marks azimuth from north (the x̂ direction) of

the observation point r from the coordinate origin. The
Jn(x) are cylindrical Bessel functions. For simply distrib-
uted uplift sources, (8) might be easier to evaluate than
(7a, 7b).

Tsunami excitation by earthquakes
Earthquakes produce 80–90% of tsunami. Not surpris-
ingly, earthquake features determine many sea wave char-
acteristics. Earthquakes result from slip on faults and three
primary parameters describe the process –moment, mech-
anism, and depth.

Moment measures earthquake strength. Moment Mo is
the product of rigidity m of the source region’s rocks, fault
area A, and average fault slip Du. Earthquake moment and
earthquake magnitude tie through a number of empirical
formulae. One formula defines moment magnitude Mw
as Mw = (2/3)(logMo � 9.05). Earthquake moment varies
by 2 � 104 within the magnitude range 6.5 � Mw � 9.5
(Table 1). Even without a detailed understanding of tsu-
nami generation, it is safe to suppose that the larger the
earthquake moment, the larger the tsunami, all else fixed.

Mechanism specifies the orientation of the earthquake
fault and the direction of slip on it. Usually, faults are ide-
alized as plane rectangles with normal n̂. Three angles
then, summarize earthquake mechanisms – the strike and
dip of the fault and the angle of slip vector â measured
from the horizontal in the plane of the fault. (Seismolo-
gists call this angle the “rake.”) The role of fault mecha-
nism on tsunami production is not as obvious as the
influence of moment; however, one might suspect that
earthquakes that affect large vertical displacements of
the seafloor would be more effective than faults that make
large horizontal displacements.
Tsunami, Table 1 Relationship between earthquake magnitude a
typical tsunami-generating earthquakes. This paper assumes log(L

Magnitude Mw Moment M0 (Nm) Area A (km2)

6.5 6.3 � 1018 224
7.0 3.5 � 1019 708
7.5 2.0 � 1020 2,239
8.0 1.1 � 1021 7,079
8.5 6.3 � 1021 22,387
9.0 3.5 � 1022 70,794
9.5 2.0 � 1023 223,872
Earthquake depth needs no explanation. Because sea-
floor shifts cause tsunami, the distance of the fault from
the seafloor should be important. Presumably, deep earth-
quakes produce less potent tsunami than similar shallow
earthquakes.

Numerical, or synthetic waveforms quantify the roles
of earthquake parameters on tsunami generation. For illus-
tration, insert into (7a, 7b) the surface uplift pattern
ubotz (r0) of a small earthquake fault (point source really)
placed at depth d in a halfspace. Further assume that the
uplift occurs instantly with t(r0) = 0. (Actually, real earth-
quakes uplift the seafloor over several, or several tens of,
seconds. This distinction is not a big issue because tsu-
nami waves have periods of many hundreds of seconds.
Uplifts taking a few dozen seconds to develop look
“instantaneous” to tsunamis.) Equation 7a, 7b becomes

usurfz ðr; tÞ ¼
Z ?

0
k dk

cosoðkÞt
2p coshðkhÞ ADuMijeij

� �
; (9)

where

exx ¼ � 1

4

m
lþ m

� kd

� �
J0ðkrÞ � J2 krð Þcos2y½ 	e�kd

eyy ¼ � 1
4

m
lþ m

� kd

� �
J0ðkrÞ þ J2 krð Þcos2y½ 	e�kd

exy ¼ eyx ¼ 1

4

m
lþ m

� kd

� �
J2 krð Þsin2y½ 	e�kd

ezz ¼ � 1
2

m
lþ m

þ kd

� �
J0 krð Þ½ 	e�kd

exz ¼ exz ¼ kd
2

J1 krð Þcosy½ 	e�kd

eyz ¼ ezy ¼ kd
2

J1 krð Þsiny½ 	e�kd

(10)

The six elements of symmetric tensor
Mjk ¼ âjn̂k þ n̂jâk
� �

(11)

capsulize the mechanism of the earthquake. In (11), n̂, â
are the fault normal and slip vectors introduced above.
A pure dip slip earthquake on a vertical north–south
nd moment with values of fault area, length, and mean slip for
) = 0.5 Mw�1.8, Du = 2 � 10�5 L, and l = m = 5 � 1010 Pa

Length L (km) Width W (km) Slip Du (m)

28 8 0.56
50 14 1.00
89 25 1.78
158 45 3.17
282 79 5.66
501 141 10.0
891 251 17.8
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trending fault for instance, has n̂ = ŷ and â = ẑ, so Myz =
Mzy = 1 andMxx =Myy =Mzz =Mxz =Mzx =Mxy =Myx = 0.

The bracketed terms in (9) contain all of the relation-
ships between earthquake parameters and tsunami fea-
tures. Some relationships are easy to spot: tsunami
amplitudes from earthquakes are proportional to the prod-
uct of fault area and average slip (ADu); tsunami ampli-
tudes decrease with earthquake depth via the e�kd terms.
The eij provide the dependence of tsunami amplitude and
azimuthal radiation pattern on source type. Equation 10
says that tsunami from point sources radiate in azimuthal
patterns no more intricate than sin2y or cos2y.

Figure 3 shows 5 h of tsunami waveforms calculated
from (9) at distances of r = 200, 500, 1,000, 2,000 km
from dip slip (Myz = Mzy = 1) and strike slip (Mxy =
Myx = 1) point sources of magnitude Mw = 7.5 (DuA =
3.98 � 106 m3. See Table 1) buried at 10 km depth. Sea
waves from these sources have radiation patterns of siny
and sin2y, respectively. I compute the waveforms in
Time (h)
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Tsunami, Figure 3 Synthetic record sections of vertical tsunami
motions at distances of 200, 500, 1,000, and 2,000 km from point
dip slip (top) and strike slip (bottom) earthquakes of magnitude
Mw = 7.5 and depth 10 km. Time runs for 5 h and the peak
amplitude of each trace is given in centimeters at the right. The
lower half of the focal sphere and azimuth of observation y are
shown toward the right. For other directions, the waveforms
should be scaled by siny and sin2y, respectively.
Figure 3 at the azimuth of maximum strength, y = 90�
and y = 45�. Frequency dispersion, with the long periods
arriving first, is the most conspicuous feature of the wave-
forms. Tsunami onset rapidly. They reach maximum
height in the first few cycles and then decay slowly over
an hour or more. Even for this large earthquake, tsunami
beyond 500 km distance reach just a few centimeters –
hardly killer waves. Note that if the observation direction
was west versus east (Figure 3, top), or northwest versus
northeast (Figure 3, bottom), the tsunami waveforms
would be inverted. Whether tsunami onset in
a withdrawal or an inundation at a particular shoreline
strictly depends on the style of faulting and the relative
positions of the shore and the fault.

Figure 3 demonstrates that for point sources, dip slip
earthquakes produce three or four times larger tsunami
than strike slip earthquakes of equal moment. The differ-
ences in generation efficiency are understood most
easily by considering directly the seafloor deformation
patterns ubotz ðr0Þ. I find these by setting t = 0 and h = 0 in
(9) so coso(k)t/cosh(kh) = 1. Figure 4 pictures the uplift
patterns for the two faults of Figure 3 where two (siny)
and four-lobed (sin2y) deformations spread over a region
40 km wide. The most striking contrast in the fields is
maximum vertical displacement – 1.4 m for the strike
slip versus 5.4 m for the dip slip. It is no coincidence
that the ratio of maximum uplift for these two faults repli-
cates the ratio of tsunami heights in Figure 3. After all,
vertical seafloor deformation drives tsunami and vertical
deformation is controlled largely by the rake of the
slip vector â. Strike slip faults have a rake of 0� or 180�.
Dip slip faults have rake equal �90�. Further simulations
show that, excepting very shallow, nearly horizontal
faults, dip is not a terribly significant factor in tsunami
production.

The sea surface cross sections in Figure 5 (left and mid-
dle) chronicle the birth and early life of a sea wave
spawned by M7.5 thrust earthquakes on 45� dipping
planes. In these figures, I replace the idealized point
sources of Figure 3 with faults of typical dimension (L =
89 km,W = 25 km, and Du = 1.78 m; see Table 1). In Fig-
ure 5 (left) the fault reaches to the sea floor. In Figure 5
(middle) the fault stops 30 km down. Soon after the earth-
quake, the sea surface forms “dimples” similar to those on
the deformed sea floor. The sea surface dimples, however,
are smoother and a bit lower in amplitude because of the
1/cosh(kh) low-pass filtering effect of the ocean layer.
After a time roughly equal to the dimension of the uplift
divided by tsunami speed

ffiffiffiffiffi
gh

p
, the leading edges of the

wave organize and begin to propagate outward as
expanding rings (Figure 5, right). Early on, the wave
appears as a single pulse. Characteristic tsunami disper-
sion begins to be seen only after 10 or 20 min. Conse-
quently, for shorelines close to tsunami sources, seismic
sea waves arrive mostly as a single pulse. For distant
shorelines, sea waves arrive with many oscillations, dis-
persion having spread out the initial pulse.
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The e�kd terms in the tsunami excitation functions (10)
let shallow earthquakes excite higher frequency tsunami
than deep earthquakes (compare Figure 5 left, with
Figure 5 middle). Higher frequency waves travel more
slowly than longer period waves, so high frequency waves
contribute to peak tsunami height only while it propagates
as a single pulse. After a few hundred kilometers of travel,
high frequency waves drift to the back of the wave train
(Figure 5, left) and no longer add to the tsunami maxi-
mum. At 200 km distance, the shallow earthquake gener-
ates a wave about 3 times larger than the 30-km deep
event. If you track the waves out to 2,000 km, however,
you would find that the extra high frequencies in the shal-
low event will have fallen behind and that the maximum
wave heights for the two events would be nearly equal.
Beyond 2,000 km distance, any earthquake depth less than
30 km appears to be equally efficient in tsunami genesis.

Faults of finite size, like those in Figure 5, radiate tsu-
nami in distributions more complex than the siny and
sin2y patterns from point sources. The largest earthquakes
have fault lengths of several hundred kilometers. Simula-
tions show that long earthquake faults preferentially emit
tsunami in a tight beam perpendicular to the fault strike,
regardless of the focal mechanism. This preferential
beaming simplifies tsunami forecasting because it tells
us which direction to look for the biggest waves.

Tsunami excitation from submarine landslides
Earthquakes parent most tsunami, but other things do too.
For instance, earthquake shaking often triggers landslides.
If the slide happens under the sea, then tsunami may form.
Consider a seafloor landslide confined in a rectangle
of length L and width W. Let a constant uplift u0 start
along one width of the rectangle and run down its
length (x̂ direction, say) at velocity vr, that is, t(r0) = x/vr.
Placing this ubotz ðr0Þ and t(r0) into (7a, 7b), I find the tsu-
nami from this uplift source at observation point r and
time t to be
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usurfz ðr; tÞ ¼ u0LW
4p2

Re
Z

k

dk
eiðk�r�oðkÞtÞe�iX ðkÞ

coshðkhÞ
sinX ðkÞ
X ðkÞ

sinY ðkÞ
Y ðkÞ

(12)

where

X ðkÞ ¼ kL
2

k̂ � x̂� cðkÞ=vr
� �

and YðkÞ ¼ kW
2

k̂ � ŷ� �
:

The X(k) and Y(k) factors, because they depend on the

relative positions of the observation point and the land-
slide source, instill radiation patterns to the tsunami much
like the eij do for earthquakes.

By adding a trailing excavation source to the uplift
source (12), I simulate tsunami from a sliding submarine
block. Figure 6 pictures in cross section the waves stirred
from a 2-km wide block, 10-m thick sliding at 49 m/s for
6 km along the bottom of an ocean 500 m deep. As the
block moves, the water must go around the obstruction.
Water gets pushed up in front and drawn down behind
the slide block. Experiments reveal that, depending on
the aspect ratio of the block and the ratio of slide velocity
to the tsunami phase velocity, significant beaming and
amplification of the tsunami are possible. In particular,
when the slide velocity vr approaches the tsunami speed
c(k) � ffiffiffiffiffi

gh
p

, X(k) is nearly zero for waves traveling in
the slide direction. In this direction, the waves from differ-
ent parts of the landslide arrive nearly “in phase” and con-
structively build. Figures 6 and 7 highlight the beaming
and amplification effects. In both cases, witness the large
tsunami pulse sent off in the direction of the slide.
(Quicktime movies of Figures 6 and 7 and many other
Figures in this paper are available for viewing; see
Table 2.) Submarine landslides are prime suspects in the
creation of “surprise tsunami” from small or distant
quakes. Surprise landslide tsunami might initiate well out-
side of the earthquake uplift area or be far larger than
expected given the magnitude of the quake. Historical
examples of surprise landslide tsunami include the 1929
Grand Banks and the 1998 Papua New Guinea waves.
Tsunami excitation from impacts
In addition to tsunami from earthquakes and landslides,
another class holds interest – those generated from surface
detonations, explosive volcanoes, and asteroid strikes.
I call waves from these sources “impact tsunami.” Imagine
that the initial stage of cratering by an impact excavates
a radially symmetric, parabolic cavity of depth DC, and
radius RC:

uimpact
z ðrÞ ¼ DCð1� r2 R2

C

 Þ r �
ffiffiffi
2

p
RC ¼ RD
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impact
ffiffiffip
uz ðrÞ ¼ 0 r > 2RC ¼ RD

Based on Equation 8, the impact tsunami at observation

point r and time t is

usurfz ðr; tÞ ¼
Z ?

0

k dk
2p

cos oðkÞt½ 	J0ðkrÞF0ðkÞ; (13)

where

F0ðkÞ ¼
Z

r0

r dr0 u
impact
z r0ð ÞJ0ðkr0Þ

¼ 2pDCRD

k
J3ðkRDÞ:

The principal distinction between (8) and (13) is the

absence in the latter of the 1/cosh(kh) low-pass ocean
filter. Impacts crater the surface of the ocean not the sea
floor, so this filter does not come into play.

If we restrict ourselves to asteroid-induced tsunami and
suppose that the depth of the impact cavities equals 1/3
their diameter dc = 2RC, then Dc relates scales with the
density, velocity, and radius of the impacting asteroid as

DC ¼ dc=3 ¼ ð8erIV 2
I=9rwgÞ1=4R3=4

I (14)

In (14), e is the fraction of the kinetic energy of the aster-

oid that goes into the tsunami wave. High velocity impact
experiments suggest that e � 0.15. With rI = 3 gm/cm3,
rw = 1 gm/cm3, and VI = 20 km/s, (14) returns crater depths
of 1,195, 2,010, and 4,000 m for asteroids of radius RI = 50,
100, and 250 m.

Figure 8 plots cross sections of the expanding rings of
tsunami waves induced by the impact of a 200-m diameter
asteroid at 20 km/s as computed by Equation 13. Within
100 km of ground zero, tsunami from moderate size
(100–250 m) asteroids have heights of many hundreds
of meters and dwarf the largest (10–15 m) waves parented
by earthquakes. Fortunately, impact tsunami fall on the
steep-sloped part of the group velocity curve (Figure 1)
so they decay faster with distance than earthquake tsunami
(more like r�1 versus r�3/4 for earthquake tsunami).
Figure 9 illustrates how dispersion quickly pulls apart
the initial impulse into dozens of waves. At 1,000 and
3,000 km, the tsunami in Figure 8 would decay to 6 and
2 m amplitude, respectively – still a concern, but not cat-
astrophic. For perspective, asteroids with diameters
>200 m impact Earth about every 10,000 years, far less
frequently than great M9 earthquakes that strike the planet
once in 25 years or so.
Tsunami propagation
In uniform depth oceans, tsunami propagate out from their
source in circular rings (e.g., Figure 9) with ray paths that
look like spokes on a wheel. In real oceans, tsunami
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speeds vary place to place (even at a fixed frequency) so
tsunami ray paths refract and become bent. Consequently,
in real oceans, both tsunami travel time and amplitude
have to be adjusted relative to their values in uniform
depth ones. To propagate tsunami in real oceans, I find it
best to keep tsunami “mode-like” versus depth but “ray-
like” horizontally. I first transform the various integrals
over wavenumber (7, 8, 9, etc.) to integrals over frequency
because wave frequency, not wave number, is conserved
throughout. Using the relations u(o) = do/dk and c(o) =
o/k(o), I find that tsunami vertical motions from (13) for
instance, are to a good approximation:

usurfz ðr; tÞ ¼
Z?

0

cosðotÞdo
2pkðoÞuðoÞ

J0ðoTðr;oÞÞF0ðkðoÞÞ
GðrÞSLðo;rÞ

: (15)
In (15) the travel time of waves of frequencyo has been

changed from r/c(o) to

Tðr;oÞ ¼
Z

raypath

dr=cðo; hðrÞÞ; (16)

where the integral path traces the tsunami ray from the
source to the observation point. Equation 15 also incorpo-
rates a new shoaling factor SL(o,r) that accounts for wave
height changes due to water depth and new ray geometri-
cal spreading factor G(r)� 1 that takes into consideration
the reduction of wave amplitudes into shadow zones.

Real geometrical rays for tsunami can be very messy
(top left, Figure 10). Rather, I employ “network rays” that
are simply minimum time paths between source and
receiver (top right, Figure 10). Unlike geometrical rays,
network rays possess neither caustics nor shadow zones.
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Tsunami, Figure 8 Computed tsunami induced by the impact of a
at 10 s intervals) trace the surface of the ocean over a 30 km cross sec
site at x = 0. Maximum amplitude in meters is listed to the left.

Tsunami, Table 2 Quicktime movie links to many of the figures
in this article, plus a few others. If you want your own copy: Play
the Movie in a Browser, then click “Save to Disk.”

Figure 6 http://es.ucsc.edu/~ward/landslide(1_big).mov
Figure 7 http://es.ucsc.edu/
ward/generic-slide.mov
Figure 8 http://es.ucsc.edu/
ward/imp-parab1.mov
Figure 9 http://es.ucsc.edu/
ward/impact-example-3d.mov
Figure 13 http://es.ucsc.edu/
ward/RU(1200s-20m-0.5).mov
Figure 14 http://es.ucsc.edu/
ward/galveston-2m-close.mov

http://es.ucsc.edu/
ward/galveston-2m.mov
Figure 15 http://es.ucsc.edu/
ward/indo-3D3.mov

http://es.ucsc.edu/
ward/indo-3D2.mov
Figure 16 http://es.ucsc.edu/
ward/LP-3D.mov
Figure 17 http://es.ucsc.edu/
ward/guinea(270).mov

http://es.ucsc.edu/
ward/ire-nn.mov
Figure 18 http://es.ucsc.edu/
ward/samoa-92909(c).mov
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To compute the ray geometrical spreading factor G(r),
I replace the curvature of the wave front with curvature
of the ray in the path integral (Figure 10, bottom row):

GðrÞ ¼ exp � 1
2

Z

raypath

@aðsÞ
dw

ds

2
64

3
75

) exp � 1
2

Z

raypath

@yðsÞ
ds

� 	
ds

2
64

3
75:

(17)

In this approach the distinction between wave refrac-
tion and diffraction blurs.
Time (s) =
max amp (m) =

180
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200-m diameter asteroid at 20 km/s. The waveforms (shown
tion that cuts rings of tsunami waves expanding from the impact
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Tsunami, Figure 9 Expanding rings of an impact tsunami in a 3D-like style. Note the strong wave spreading due to dispersion.
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Tsunami shoaling and run-up
Shoaling. Toward shore, real oceans shallow and the
waves carried on them amplify in a process called
shoaling. Shoaling is easy to understand. The tsunami
velocity depends on the ocean depth so as water shallows,
tsunami waves slow down. Because their frequency is
fixed, the wavelength of a slowing tsunami decreases
(Figure 11, inset) and its energy compresses horizontally.
Secondly, because a tsunami occupies the entire water
column, as it enters shallow water its energy also gets
compressed vertically. The only way for the compressing
wave to maintain the same energy flux is for it to
grow in amplitude. For the shoaling factor in (15), linear
theory gives:

SLðo; rÞ ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
uðo;h0Þ
uðo;hðrÞÞ

s
: (18)

Shoaling amplification depends on the ratio of group

velocity at the nucleation-site and the coast-site (ocean
depths h0 and h(r), respectively). As does G(r), SL reverts
to one in oceans of uniform depth.

Figure 11 pictures a shoaling tsunami wave of 150 s
period. Initially, a unit height wave comes ashore from
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4,000 m of water at the left. As the water shallows, the
velocity of the wave decreases and the wave grows in
amplitude. By the time it reaches 125 m depth it has
slowed from 137 m/s group velocity to 35 m/s and grown
in height by a factor of 2. Figure 12 plots (18) as a function
of coast-site depth for sea-wave periods from 10 s, and
ocean depths of 2, 4, and 6 km. Because their energy does
not occupy the entire water column, beach waves at 10 s
period do not amplify much (perhaps 50%) in shoaling.
Tsunami waves (100–2,000 s period) experience much
stronger shoaling amplification – about 3–6 over a wide
range of conditions. For waves of period greater than
250 s, u(o,h0) = (gh0)

1/2, u(o,h(r)) = (gh(i))1/2, and the
shoaling factor reduces to Green’s Law, SL = (h0/h(r))

1/4

(dashed red line in Figure 12).
Run-Up. Run-up is the final phase of tsunami life. The

run-up phase begins when the approaching tsunami shoals
to an amplitude roughly equal to the water depth and the
wave begins to break. Run-up also covers the inundation
phase where the water runs over land and reaches its max-
imum excursion above sea level. Run-up is the most com-
plicated phase of tsunami life; nevertheless, “Will I get
wet?” is the question everyone wants answered, so tsu-
nami scientists have to take their best shot at carrying the
waves to the last mile.

One approach to run-up is wave tank or computer
experiments like Figures 13 and 14, where waves of vari-
ous sizes and periods are sent onto model beaches. These
experiments reveal a wide range of behaviors depending
on wave period, wave size, wave direction, number of
waves, beach slope, and beach friction. In real-world situ-
ations, this information is not known well, so the direct
applications of the experimental results are limited.
I follow an alternative approach that takes a broad brush
view of run-up, but allows for considerable random uncer-
tainty in the outcome. Using the methods above,
I propagate tsunami to a position close to shore in shallow
water where it can be considered a long wave, but not so
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shallow that its amplitude A(h) exceeds water depth
h there. I estimate run-up height Z, on shore by:

� ¼ AðhÞ4=5h1=5 (19)
Because A(h) < h, run-up always exceeds the offshore
wave amplitude. Considering the large uncertainties
involved, I view run-up at any field site to be a random
variable drawn from a distribution function with (19)
being its mean and its spread ranging from 1/2 to 2 times
the mean. It does not matter at which depth h is used to
evaluate (19), provided the water is shallow enough for
the tsunami to act like a long wave. According to Green’s
Law, a long wave with amplitude A(h1) in water of depth
h1, has an amplitude A(h2) = A(h1) (h1/h2)

1/4 in water of
depth h2. Run-up estimate at �2 at depth h2

�2 ¼ Aðh2Þ4=5h1=52 ¼ Aðh1Þ h1
h2

� 	1=4" #4=5
h1=52

¼ A4=5ðh1Þh11=5 ¼ �1

equals estimate Z1 at depth h1.
Tsunami samples
Sumatra earthquake 12/26/2004. Figure 15 snapshots
a simulation of the 2004 Sumatra tsunami. As modeled



Tsunami, Figure 13 Run-up and inundation of a 20 m high, 1,200 s duration wave on a steep 0.5� slope. On steep beaches breaking
has little time to operate so run-up amplifications are large.
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by several rectangular patches, the megathrust fault that
sourced the wave trends north–south for several 100 km
(Figure 15 top left). As the example in Figure 5 predicted,
nearly all of the wave energy in the 2004 tsunami emits per-
pendicular to the fault – Sumatra and Thailand toward the
east, and India and Sri Lanka toward the west. Not surpris-
ingly, these locations suffered the lion’s share of tsunami
damage. I believe that the very large run-up near Banda
Acehwas due to concentrated slip on a thrust ramp splaying
up from the megathrust just offshore at that latitude.

La Palma landslide tsunami. Like its fellows in the
Canary Island chain, the volcanic Island of La Palma has
experienced cycles of growth and partial collapse. Its flank
last failed 550,000 years ago. Since then, new Cumbre
Vieja volcano has filled the vacant scar. For the last
125,000 years this volcano grew steadily but in the last
7,000, its structure changed. It now mainly erupts along
a north–south trending rift that splits the mountain in half.
Moreover, during an eruption in 1949 a fault broke surface
along the crest of the volcano and part of its western side
slid 5 m down and toward the ocean. The volcano again
may be showing initial stages of instability. While cer-
tainly collapse is not imminent and it may take many erup-
tive cycles over the next few thousand years to give it that
final shove, the volcano will collapse so it is sensible to
consider the consequences (Figure 16). If 500 km3 of its



Tsunami, Figure 14 Simulation of 2 m tsunami wave beaching at Galveston Texas. Red area blankets the predicted inundation zone.
Note the multiple wave reflections and wave interference that contribute to run-up complexity and randomness.
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flank falls into the sea like it did last time, a La Palma col-
lapse will spawn a mega tsunami hundreds of meters high
locally that will buffet all coasts of the Atlantic with
10–30 m waves.

Gulf of Guinea impact tsunami. In a 2008 training exer-
cise, the US Air Force considered the consequences of, and
response to, an impact of a small comet into the Atlantic
Ocean off the coast of Guinea. In this scenario, pictured in
Figure 17, tsunami run-ups exceed 10 m along a 1,200 km
stretch of coastline. This wave would knock out coastal
shipping and oil production facilities for many months
and trigger major ripple effects in the global economy.
Unlike those Hollywood movies, currently there is no
defense against an asteroid impact.
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GULF OF GUINEA AFRICA WEST
Bolide Diameter (m): 270 Velocity (km/s): 12.6 Density (gm/cm^3): 1.3
Impact Location Lat North: 2.5 lon east: 2.5 Water Depth (m): 4361
Cavity Diameter (m): 4526 Cavity Depth (m): 1772
Impactor Energy (J): 1.06E + 18 Tsunami Energy (J): 1.65E + 17
Peak Tsunami Period (s): 57
Estimated Peak Runup Height in Meters Shown
Tsunami Envelope Shown
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Tsunami, Figure 17 Guinea Impact Tsunami. Four-hour
sequence of waves from the impact of a 270 m diameter icy
bolide off the west coast of Africa.
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Tsunami forecasting
Official approach: Perhaps the ultimate goal of tsunami
research is forecasting. A forecast predicts the size of
a particular tsunami given the knowledge that a potentially
dangerous earthquake has occurred already. Tsunami travel
at jet speeds, but formany places theremay be several hours
between the earthquake and the arrival of the sea waves.
This time can be spent analyzing seismograms, estimating
earthquake parameters, and forecasting the expected height
of the oncoming wave with the aid of computer models and
initial field reports. This is precisely the mission of the
various warning centers like NOAA’s Pacific Tsunami
Warning Center (PTWC). The past decade has witnessed
considerable progress in tsunami forecasting coupled with
faster and more geographically selective warnings. By and
large, the current tsunami prediction system functions well.
Figure 18 pictures a nearly real-time prediction of tsunami
run-up from the M8.1 Samoa Earthquake of September
29, 2009. Based on rapid calculations like these, the PTWC
issued accurate advancedwarnings andwatches for this tsu-
nami – at least for locations greater than 2,000 km distance
from the quake where sufficient delay time existed.

The biggest uncertainty in the current procedures lay in
fixing earthquake parameters quickly. For instance, in the
first hours after a quake, it is not uncommon for estimates
of earthquake magnitude to vary 0.3 or 0.4 units as more
extensive seismic data arrive. Because earthquake magni-
tude or earthquake moment is the prime driver for tsunami
(Equation 9), a 0.4 unit uncertainly makes for a factor of
2 or 3 uncertainly in tsunami height all else aside. Partly
on this concern, the DART buoy network that provides
real-time measurements of passing tsunami was expanded
from 6 to 24 sites after the Sumatra earthquake. Informa-
tion from the DART sensors provides a real-time “reality
check” on computer simulations run rapidly on uncertain
earthquake parameters.

Do-it-yourself approach: Apart from official predic-
tions, readers of this article have enough information to
produce a Do-It-Yourself tsunami forecast. The three step
recipe needs: earthquake magnitudeM, the ocean depth at
source Ho, distance to the quake R, and mean ocean depth
H between the earthquake and you.

Step 1 – Find Initial Tsunami Amplitude A0. Let us
approximate initial tsunami height by:

A0 ¼ aDuðMÞ
cosh 4pH0

W ðMÞþLðMÞ
h i ; (20)

where a is the fraction of earthquake slip that trans-

forms into tsunami-making uplift:

a ¼ 1� y=180ð Þ sin yj sinfj;
with y and f being the fault dip and rake angles in

degrees. Fault slip Du(M ), width W(M ), and length
L(M ) are functions of magnitude and can be read from
Table 1 or computed from the formulas in its caption.



Tsunami, Figure 18 Nearly real-time prediction of run-up height from the 9/29/09 M8.1 Samoa Earthquake. Colors correspond to
run-up heights: Brown 10–25 cm; Yellow 25–50 cm; Orange 50–100
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You recognize the 1/cosh as the low-pass filter due to
the ocean layer. Unlike Equation 9, Equation 20 makes
no assumption about radiation pattern, so in this sense it
represents the worst case. The most efficient mecha-
nism (surface breaking, pure dip slip on planes dipping
near 45�) for tsunami generation gives a = 0.55.

Step 2 – Correct for Propagation Loss P.
Tsunami waves decay as they travel due to geometrical
spreading and frequency dispersion. For an ocean of
constant depth H, the propagation loss is roughly

P ¼ 1þ 2R
LðMÞ

� ��c

; (21)

where
c ¼ 0:5þ 0:575 exp �0:0175
LðMÞ
H

� �
: (22)

The first term in exponent (22) accounts for square root

of distance losses due to geometrical spreading. The
second term in (22) accounts for additional losses due
to frequency dispersion with larger dimensioned tsu-
nami decaying more slowly. Peak deep-water tsunami
amplitude Ad(R) at distance R is

AdðRÞ ¼ A0P

¼ aDuðMÞ
cosh½4pH0=ðW ðMÞ þ LðMÞÞ	 1þ 2R

LðMÞ
� ��c

(23)
Propagation loss (23) supposes an unobstructed wave

path to the observation location. If the waves pass
around headlands, squeeze through narrows, or cut into
shadow zones, then (23) again overestimates tsunami
size.

Step 3 – Correct for Shoaling and Run-Up.
For long waves, the shoaling correction SL (18) reduces
to Green’s Law SL = (H0/H)

1/4 and the shoaled tsunami
amplitude AS(R) at distance R is

ASðRÞ ¼ A0PSL

¼ aDuðMÞ
cosh 4pH0

W ðMÞþLðMÞ
h i 1þ 2R

LðMÞ
� ��c H0

H

� 	1=4
:

(24)

Applying (19) on (24) returns peak wave run-up height

cm; Red 1–2 m; Pink >2 m.
�(R)

�ðRÞ ¼ ½A0PSL	4=5H1=5

¼ aDuðMÞ
cosh 4pH0

W ðMÞþLðMÞ
h i 1þ 2R

LðMÞ
� ��c

2
4

3
5
4=5

H1=5
0 :

(25)
Figure 19 plots Do-It-Yourself prediction (25) for earth-
quake magnitudes 6.5–9.5, at distances R to 10,000 km,
for H between 1,000 and 4,000m, andH0 = 1,000m (top
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Tsunami, Figure 19 Mean worst-case tsunami run-up height
versus distance from earthquakes of magnitude 6.5–9.5. The
blue areas include an allowance for mean ocean depth between
1,000 (upper limit) and 4,000 m (lower limit). Top and Bottom
panels assume 1,000 and 4,000 m water depth at the source.
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panel ) and H0 = 4,000 m (bottom panel ). Because sev-
eral steps above selected extreme assumptions, these
curves represent ameanworst case. Theworst worst case
might be twice as large still. ForM= 8,H0 =H= 4,000m,
Figure 19 (bottom) predicts run-ups of 3 m at 300 km
distance, 2 m at 600 km distance, 1 m at 2,000 km dis-
tance, and 0.5 m at 5,000 km distance. These numbers
compare well with the more rigorous calculations in
Figure 18.

Summary
Tsunami are gravity-driven water waves caused mostly by
undersea earthquakes, but sometimes they are sourced by
submarine landslides, surface detonations, explosive vol-
canoes, and asteroid strikes. Tsunami differ from ordinary
beach waves in that they have longer period, larger
wavelength, and higher velocity. Because of shoaling
effects, these characteristics make tsunami especially dam-
aging because they grow in height proportionally more in
approaching shore than do ordinary waves of equal size.
This article provides mathematical expressions for tsunami
excitation, propagation, and simplified steps to compute
wave run-up height from tsunamigenic earthquakes.

Cross-references
Earthquakes and Crustal Deformation
Earthquakes, Source Theory
Seismic, Ray Theory
Surface Waves
Tsunami Watch and Warning Centers
Tsunami: Bay of Bengal
TSUNAMI: BAY OF BENGAL

Vineet Gahalaut
National Geophysical Research Institute (CSIR),
Hyderabad, India

Definition
Bay of Bengal: Northeastern part of the Indian Ocean,
which is about 2,000 km long and about 1,500 km wide,
and is bordered on the west by India and Sri Lanka, on
the north by Bangladesh, and on the east by Myanmar
and Thailand; the Andaman and Nicobar Islands separate
it from the Andaman Sea.
Tsunami: Gravity-driven water waves in the sea caused by
submarine earthquakes, landslides, volcanic eruption, and
impact meteorites.
Introduction
The coastal region around the Bay of Bengal is one of
the most populated regions of the world with population
density of more than 1,000 people/km2 in Bangladesh
and region around it. Natural hazards in this region,
namely, floods and cyclones, have turned into disasters
making this region very vulnerable. The occurrence of
the December 26, 2004, Sumatra-Andaman earthquake
(Mw 9.2) and the tsunami caused by it (Lay et al., 2005),
which devastated the coastal regions around the Bay of
Bengal and killed more than 200,000 people, further
exposed the vulnerability of this region due to earthquakes
and tsunami. For an objective assessment of the tsunami
hazard in this region, it is necessary to understand the tec-
tonics and the mechanism of earthquake occurrence in this
region. Other than earthquakes, submarine landslide in
the several-kilometer-thick sediments of the Ganga and
Brahmaputra rivers deposited in the northern Bay of Ben-
gal may also pose tsunami hazard in the region. There are
no historical records to suggest occurrence of such subma-
rine landslides and no studies have been carried out to
assess the tsunami hazard due to this. However, some
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attempts have been made to assess tsunami hazard due to
earthquakes in the region (Okal and Synolakis, 2008;
Cummins, 2007).

Tsunami hazard in the Bay of Bengal
The tsunami hazard in the Bay of Bengal region is mainly
due to the great and major earthquakes along the northern
Sunda arc where the eastern margin of the Indian plate
interacts with the Sunda plate (Figure 1). Tsunami caused
80°E
0°

5°N

10°N

15°N

20°N

25°N

85°E 90

Tsunami: Bay of Bengal, Figure 1 Bay of Bengal, general tectonics
earthquakes along the arc. Stars denote major earthquakes that oc
associated with any tsunami. The great 1897 Shillong Plateau earth
shown for reference. The 1897 intraplate earthquake is associated w
Himalaya, rather than the tectonics of the Indo-Burmese arc. Major
pose any tsunami hazard. The 1861 and 1907 earthquakes occurred
of the tsunami caused by of these earthquakes, including that of th
by great earthquakes in the far-field regions, namely, the
Banda arc which is to the east of Sunda arc (i.e., southeast
of the equator), the Makran region which is along the
southern coast of Pakistan and Iran, and the circum pacific
belt, may not affect the Bay of Bengal region due to direc-
tivity effect and the presence of intervening land masses
during their propagation. The frontal arc of the northern
Sunda arc consists of the Indo-Burmese arc in the north,
and the Sumatra- Andaman arc in the south with the
100°E95°E°E

of the northern Sunda arc and locations of major and great
curred in the Indo-Burmese arc. These earthquakes were not
quake and the great 1839 earthquake on Sagaing fault are also
ith the tectonics of the Indian plate and its interaction with the
earthquakes of Sagaing fault are not shown here, as they do not
in the source region of the 2005 Nias earthquake. However, none
e 2005 Nias earthquake, affected the Bay of Bengal region.
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intervening Irrawaddy delta region. In the back arc, the
Sagaing fault which runs through Myanmar on the land
and is characterized by strike slip motion, the Sumatra
Fault system which is characterized by the earthquakes
with strike slip motion, and the Andaman Sea ridge trans-
form fault system which is characterized by the normal
and strike slip earthquakes of low magnitude (M < 6.5),
do not pose tsunami hazard to the Bay of Bengal region.
The tsunami hazard in the Bay of Bengal due to low-
level seismicity in the diffused plate boundary region
between India and Australia in the Indian Ocean may be
very low.

Plate motion along the northern Sunda arc
In the northern Sunda arc, relative motion between the
India and Sunda plates is about 3.7 cm/year toward N15�
in the northern part (i.e., Indo-Burmese arc region) and
about 4.5 cm/year toward N25� in the southern part (i.e.,
the Sumatra region). The oblique motion between the
India and Sunda plates is accommodated along the arc
through slip partitioning in the frontal and back arc
(Gahalaut and Gahalaut, 2007; McCaffrey 2009). In the
north, the north–south trending Indo-Burmese arc accom-
modates slip of about 1.6 cm/year through dextral motion
(Gahalaut et al., 2010a) and the remaining motion of about
2.0 cm/year is accommodated across the dextral strike
slip Sagaing fault in the Myanmar (Maurin et al., 2010).
Thus, at present, the underlying gently east dipping Indian
plate beneath the accretionary wedge of the Indo-Burmese
arc moves toward north. Further south in the Irrawaddy
and Andaman region, the motion in the frontal arc
becomes oblique. In the back arc, the dextral strike
slip motion occurs along the north–south planes and
normal motion occurs along the Andaman Sea ridge trans-
form fault system which is consistent with the Andaman
sea opening. In the Sumatra region, the motion in the fron-
tal arc is arc normal, leading to thrust motion on the plate
boundary interface. The strike slip motion in the back arc
is accommodated through dextral motion along the Suma-
tra Fault System. The Sumatra Fault System joins the
Sagaing fault in the north through the Andaman Sea ridge
transform fault system.
Seismicity of the northern Sunda arc region
and tsunami hazard
For the convenience of discussion, the seismicity of the
Indo-Burmese arc, Irrawaddy, and Sumatra-Andaman
region is described separately.
Indo-Burmese arc
The plate reconstruction models suggest that subduction
probably occurred along the Indo-Burmese arc in the geo-
logical past (prior to about 50 Ma) when the arc was pre-
dominantly southeast–northwest trending. However,
after the collision of the Indian plate with the Eurasian
plate, the northern Sunda arc rotated clockwise to become
predominantly north–south trending. Several geological
and geophysical studies confirm that the subduction
occurred across the Indo-Burmese arc between India and
Burma plates and there is evidence of the subducted
Indian slab, but presently the subduction does not appear
to be active (Hall, 1997; Guzman-Speziale and Ni, 1996;
Rao and Kumar, 1999; Pesicek et al., 2010). This is further
confirmed from the earthquake occurrence and the crustal
deformation studies.

The historical records of earthquakes and tsunami in the
Indo-Burmese arc are generally very poor. Although there
are a few unverifiable reports of earthquake occurrence as
early as 1548 in Tripura, Assam (two states in northeastern
India), or Bangladesh, there are large uncertainties in the
location of historical earthquakes. The catalogue is proba-
bly reliable only after 1762. The most notable earthquakes
are the April 2, 1762, the August 24, 1858, Arakan earth-
quakes, and the January 10, 1869, Cachar earthquake
(Richter, 1958). Other than these earthquakes, several
instances of damage due to earthquakes are reported from
Chittagong, Sylhet, Manipur valley, and Cachar regions.
However, it is possible that the high damage in these
sediment-filled valleys was due to relatively large popula-
tion and local site effects. The April 2, 1762, Arakan earth-
quake has been considered as a great tsunamigenic
earthquake (Cummins, 2007). It caused extensive damage
in the Chittagong region through shaking, liquefaction,
damming of channels, seiches, etc. (Gulston, 1763). The
reported uplift of Cheduba Island due to this earthquake
was not found to be singularly due to this earthquake
(Oldham, 1883; Martin and Szeliga, 2010). Halsted
(1843) reported the effects of the earthquakes which were
mostly found to be highly exaggerated by Gupta and
Gahalaut (2009). They found that the highly qualitative
observations of the coseismic elevation changes are con-
sistent with a predominant strike slip motion on the earth-
quake rupture which was located under the land and/or
under very shallow water, and it was only a major earth-
quake (Martin and Szeliga, 2010) which probably did
not cause any major tsunami (Gupta and Gahalaut,
2009). The August 24, 1858, Arakan earthquake was felt
in many parts of Burma and was severely felt at Kyauk
Pyu, Ramree Island, Myanmar. It caused liquefaction
and damage to buildings and Pagodas. In this region, the
distance between the Sagaing fault and the structurally
mapped Arakan trench is less than 200 km, and, hence,
based on the scanty reports of damage, it is difficult to
judge whether this one and the 1843 and 1848 earthquakes
are linked with the Indo-Burmese arc or with the Sagaing
fault. But none of these three earthquakes is associated
with tsunami. The January 10, 1869, Cachar-Manipur
earthquake is referred to as the most severe earthquake
in the available 2,000 years of written historical records
of Manipur state of India. However, recent examinations
of the historical records suggest that even this earthquake
was not a great one and the damage was very much con-
fined to the sediment-filled valleys of Imphal and Cachar
(Kundu and Gahalaut, 2010b). As this earthquake occurred
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on the land, far from the sea, there is no question of tsunami
being generated by this earthquake.

Although precise motion on rupture during these
major earthquakes is not known, the current seis-
micity and the results from crustal deformation studies
suggest that the historical earthquakes in the Indo-
Burmese arc might have occurred through predominant
strike slip motion on steep planes, which dips away
from the coast. This severely limits the possibility of
a tsunamigenic earthquake in the coastal Indo-Burmese
arc region. Lack of paleo-tsunami deposits in the coastal
Myanmar region (Aung et al., 2008) further supports
this argument.

Irrawaddy region
Seismicity in the Irrawaddy frontal arc is extremely low as
compared to that in the Andaman Nicobar arc in the south
and the Indo-Burmese arc in the north. Earthquakes in the
Irrawaddy region occur at depths less than 50 km, whereas
in the Indo-Burmese arc and the Andaman Nicobar region,
earthquakes occur down to a depth of up to 150–200 km
(Guzman-Speziale and Ni, 1996). From the limited earth-
quake focal mechanisms, it is not possible to constrain sense
of motion along this part; however, the regional plate motion
models suggest that very oblique motion occurs along the
frontal arc (Gahalaut and Gahalaut, 2007). The reason for
very low seismicity of the frontal arc at shallow depth
(>50 km) could be that the region is either aseismic or accu-
mulating strain. However, absence of seismicity even at
depths greater than 50 km suggests that the subducting slab
might not be continuing to that depth at all. In the Andaman
and Indo-Burmese arc regions, occurrence of earthquakes at
intermediate depths confirms the continuity of the Indian
plate slab in those regions. The absence of seismicity at inter-
mediate depth level of the Irrawaddy region is possibly
due to the presence of tear in the subducting Indian slab,
which is has been confirmed from the tomographic studies
of the region (Richards et al., 2007). Thus, it is the tear
in the slab which is responsible for very low seismicity at
shallow depth and no seismicity at deeper depth (Kundu
and Gahalaut, 2010a). Presence of a tear and lack of slab in
the region may substantially reduce the potential of occur-
rence of a future great earthquake in the region. Accordingly,
it may also reduce tsunami hazard in the nearby regions
due to major and great earthquakes in this region. It is
possible that this tear hindered the northward rupture pro-
pagation of the 2004 Sumatra-Andaman earthquake. How-
ever, it is necessary to further confirm the presence of
such a tear using marine deep seismic surveys, detailed
tomographic studies, and analysis of earthquakes with the
deployment of ocean bottom and land seismometers in
the region.

Sumatra-Andaman arc region
The state of knowledge about the Sumatra-Andaman region
was very poor until the occurrence of the December 26,
2004, Sumatra-Andaman (M 9.2), March 28, 2005, Nias
(M 8.6), and several other earthquakes since then. These
earthquakes have provided immense information about the
tectonics and seismogenesis of this region. These earth-
quakes suggest that Indian plate subducts obliquely beneath
the Andaman arc while the subduction becomes arc normal
in the Sumatra arc. Precise hypocentral locations of these
earthquakes and their aftershocks have helped in mapping
the subsurface plate boundary interface in the frontal arc
region and its seismogenic width. The 2004 Sumatra-
Andaman earthquake occurred on a 1,400 km long and
100–150 km wide rupture between the northern Sumatra
and north Andaman Islands. The large coseismic displace-
ment in the source region (Gahalaut et al., 2006) caused
a devastating tsunami which propagated through the Indian
Ocean and caused heavy destruction in the countries
surrounding the Bay of Bengal, namely, Indonesia, India,
Thailand, and Sri Lanka. There were a few remarkable
aspects of this earthquake and tsunami caused by it. It is
learnt that the rupture in the northern part, i.e., under the
Andaman Islands, was slower (Lay et al., 2005) and that it
did not reach the surface. Thus this part of the rupture did
not contribute in tsunami generation. It has been suggested
that the subducting 90�E ridge probably slowed down the
rupture under the Andaman Islands (Gahalaut et al., 2010b)
and the subducted unconsolidated sediments of Bay of
Bengal probably did not allow the rupture to propagate
to the surface. These aspects need to be explored further.
Earlier, another earthquake occurred here on June 26,
1941, with M 7.7 (Pacheco and Sykes, 1992), for which no
seismological data exist to suggest whether slow rupture
occurred during that earthquake as well. Though the reports
are scanty, it appears that even that earthquake did not gener-
ate a tsunami (Rajendran et al., 2007). There may be various
reasons for that earthquake for not being tsunamigenic,
including slow rupture speed and rupture on blind fault.
It may be possible that the Andaman segment may not gen-
erate major tsunami during future great earthquakes as well.
However, it needs to be explored further by analyzing the
frontal arc characteristics through deep seismic imaging
and modeling.

An earthquake occurred on December 31, 1881
(M 7.9), in the Nicobar region. It caused a tsunami with
less than 1 m height in the Andaman Islands and the
coastal region of India. Unfortunately, the history of the
Andaman and Nicobar Islands is very poor. The intermit-
tent colonial occupation of the Islands started in the mid-
dle of the eighteenth century by the Danish, followed by
the British, and continuous colonial occupation started
only after 1869 until the independence of India in 1947.
Prior to the nineteenth century, we do not know much
about the history of the Andaman Nicobar region as the
indigenous tribes did not maintain any written records.
Thus, prior to the occurrence of earthquakes on October
31, 1847, possibly near Nicobar Islands (Bilham et al.,
2005), and the two earthquakes mentioned above, we have
no knowledge of historical earthquakes or tsunami in the
region. However, it is certain that the great and major
earthquakes under the Nicobar and northern Sumatra arc
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have produced tsunami and are capable of generating tsu-
nami during future great and major earthquakes.

In the northern Sumatra region, after the occurrence of the
2004 Sumatra-Andaman earthquake, another great earth-
quake occurred to the south on March 28, 2005, which is
referred as the Nias earthquake. Despite its large magnitude
and normal rupture speed, the earthquake could not generate
a major tsunami. Majority of the slip on the rupture occurred
under the shallow and no water and hence it could not dis-
place large amount of water, causing only a localized tsu-
nami whose amplitude faltered quickly as it moved in the
open ocean. Nevertheless, this region has the potential to
generate a tsunami during great earthquakes, though it may
not affect the Bay of Bengal region due to rupture directivity.
The arc region located further southeast, though capable of
causing tsunami during great earthquakes, may not affect
the Bay of Bengal region.

Summary
The Arakan coast of the Indo-Burmese arc can produce
a major earthquake. However, it is unlikely that a major
tsunami would be generated by the earthquake in this seg-
ment due to predominant strike slip motion on the plate
boundary interface which is mostly located on the land
and under very shallow water, and dips eastward, away
from the sea. The Irrawaddy frontal arc region may not
produce great or even major earthquakes and hence the
tsunami threat from this region is low. The Andaman arc
which did not contribute in tsunami generation during
the 2004 Sumatra-Andaman earthquake needs to be stud-
ied in great detail in view of the slow and blind rupture.
The real and definite threat is from the Nicobar and north-
ern Sumatra arc region, which has produced tsunami in the
past and is capable of generating tsunami during future
great earthquakes.
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Synonyms
Maremoto

Definition
Tsunami. Japanese word literally meaning harbor wave
(tsu+nami). Tsunamis are series of ocean gravity waves
caused mainly due to undersea earthquakes and undersea
volcanic activity, rarely due to submarine landslides and
very infrequently due to meteor impacts.
Tsunamigenic earthquake. Large earthquakes occurring
mostly in subduction zones capable of generating tsunami.
Tsunami warning center (TWC). A 24 � 7 operational
center with a mission to advise and warn coastal populace
on tsunami.
Tsunami Bulletin. A real-time situation report of the event.
National tsunami warning center (NTWC). An early warn-
ing system responsible for collating and disseminating
tsunami warning advisories information within a country.
Regional tsunami watch provider (RTWP). A NTWC
capable of detecting and analyzing tsunami events and
informing other NTWC within an oceanic region.
Service level. Level of operational capability in accurately
advising/warning target populace.
Introduction
The 2004 Sumatra-Andaman earthquake and subsequent
tsunami in the Indian Ocean were a grim reminder of
nature’s fury. The event prompted many countries in
the region to set up tsunami warning centers (TWC),
which were further integrated into a collaborative net-
work of regional tsunami watch providers (RTWP)
(UNESCO-IOC, 2007). Within India, an interim warning
center was established in 2005 (Gupta, 2005; and Nayak
and Kumar, 2008a) at Indian National Center for Ocean
Information Services (INCOIS) and by the end of 2007,
it became a full-fledged operational warning center.

An important fact that is well known about tsunami is
that they travel very fast in open ocean (velocity of the
order of several hundreds of kilometers per hour) and can-
not be discernible easily by wave heights (of the order of
a few centimeters), but slow down as they approach the
coast (of the order of several tens of kilometers per hour)
with wave heights increasing to disastrous proportions
(of the order of several meters). Hence, to forewarn our-
selves, we need to have a seismic network to detect
tsunamigenic earthquakes and a network of sea-level
observations to detect any water level changes.
A forewarning system is essential to mitigate the effects
of tsunami. Few centuries ago, traditional knowledge indi-
cated that as soon the water withdraws from the beach,
there is an impending tsunami. However, with the
advancement of science (especially modeling, geospatial
technologies, and communication infrastructure) and
rapid increase in coastal population, the inherent risk in
terms of loss of lives and economic damages (socioeco-
nomic parameters) too has increased many fold, but now
it is possible to mitigate damage by scientifically
confirming/canceling such warnings derived from tradi-
tional knowledge and recommending the right advice to
the populace at the right time. Such a scientific establish-
ment is known as TWC. The mission of a TWC is to pro-
vide early warnings (known as tsunami advisories) on
potentially destructive tsunamis to emergency/disaster
management officials, and as appropriate, directly to the
public to prevent loss of life and property. This article
briefly describes TWC, its components, the advisory prod-
ucts that are generated, and level of operational service
that these centers are designed for.
Types of tsunamis
Broadly, the Intergovernmental Oceanographic Commis-
sion (IOC) of United Nations Educational, Scientific,
and Cultural Organization (UNESCO) has classified tsu-
namis into nine types: Historical tsunami, Local tsunami,
Maremoto, Meteorological tsunami (meteotsunami),
Microtsunami, Ocean-wide tsunami, Paleotsunami,
Regional tsunami, and Teletsunami (Distant tsunami).
However, from the early warning perspective, three types
are considered most relevant, based on the distance from
the source and the tsunami travel time (UNESCO-IOC,
2006). They are:

1. Local Tsunami originates from a nearby source for
which its destructive effects are confined to coasts
within 100 km or less than 1 h tsunami travel time from
its source. These can often be the most dangerous
because there is often little warning between the caus-
ing event and the arrival of the tsunami.
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2. Regional Tsunami is capable of creating destruction in
a particular geographic region, generally within
1,000 km or 1–3 h tsunami travel time from its source.

3. Distant Tsunami (also called an ocean-wide, distant,
tele or far-field tsunami) is a tsunami that originates
from a far away source, which is generally more than
1,000 km away from the area of interest or more than
3 h tsunami travel time from its source. A distant tsu-
nami is capable of causing widespread destruction,
not only in the immediate region of its generation, but
across an entire ocean. All ocean-wide tsunamis have
been generated by major earthquakes in the subduction
regions.
Tsunami warning centers in the world
There are seven major tsunami warning centers operating
in the world today in terms of independent services. They
are: National Oceanic and Atmospheric Administration’s
(NOAA) Pacific TsunamiWarning Center (PTWC), Japan
Meteorological Agency (JMA), NOAA’s West Coast and
Alaska Tsunami Warning Center, Sakhalin Tsunami
Warning Center (STWC), German Indonesian Tsunami
Early Warning System (GITEWS), Joint Australian Tsu-
nami Warning Centre (JATWC), and the Indian National
Tsunami Early Warning System (INTEWS). Each of these
systems is conceptualized as the National Tsunami Warn-
ing Centres (NTWC), where they are the sole advisors in
terms of area of responsibility regarding tsunami warning.
In the event of distant tsunamis, they will act as regional
tsunami watch providers (RTWP) to those regions that
could be immediately affected and do not have their own
NTWC or to other NTWCs operating in the region, as
“heads-up” information. In addition to the above, few
Tsunami Watch and Warning Centers, Figure 1 Tsunami warning
systems have been conceived as system of systems like
International Tsunami Information Center (ITIC) and
Indian Ocean Tsunami Warning System (IOTWS), where
information from different major tsunami advisory pro-
viders is integrated as shown in Figure 1. The latter,
IOTWS, has been an initiative from the US and UNESCO
to enhance the warning capability in the region. In addi-
tion, critical seismic data providers like USGS (Earth-
worm seismic data processing system) and Global
Seismic Network (GSN) are few of the specialized infor-
mation providers essential for tsunami early warning.

Key components
In order to carry out its mission, the TWC must at least
consist of five important components: a network of
sensors (seismic and sea level) to detect earthquakes
and evaluate its potential for tsunamis, tsunami model-
ing capability (generation, propagation, and inundation
models), high-resolution database on bathymetry and
coastal topography, communication infrastructure to issue
timely alarms to permit evacuation of coastal areas, and
a 24 � 7 operational facility housing the infrastructure,
decision support system (DSS) based on standard operat-
ing procedures (SOP), and experienced staff (Nayak and
Kumar, 2008a). A typical outlay of TWC is shown in
Figure 2.

Network of sensors
Seismic network
TWCs use local and global seismographic networks trans-
mitting seismograms in real time to continuously monitor
seismicity, in order to locate and estimate the size of poten-
tially tsunamigenic earthquakes. To produce accurate
systems presently operating in the world.
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moment magnitude, NTWCs and RTWPs require reliable,
broad-frequency, low-noise, high dynamic-range, digital
seismic data in real time. The timeliness of the data is cru-
cial in issuing an initial bulletin within 5 min of an earth-
quake. This is especially important for centers with local
tsunami sources. In terms of network density, it is
recommended that at least eight stations must be operating
in a radius of 900 km, with data latency not exceeding 30 s.
Sea-level network
In order to confirm whether the earthquake has actually
caused a tsunami, it is essential to measure the change in
water level as near to the fault zone as possible with high
accuracy. A TWC uses sea-level networks (tide gauge,
• SeiscomP
• HYDRA
• USGS

Seismic network
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bottom pressure recorders, and coastal ocean dynamics
applications radar, CODAR) reporting data in real and
near real time to verify the generation and evaluate the
severity of a tsunami. Numerous international sea-level
monitoring networks provide essential real-time data that
can be accessed by NTWCs and RTWPs. Many of these
networks are coordinated by the IOC of the UNESCO.
The most extensive and notable is the Global Sea Level
Observing System (GLOSS), conducted under the aus-
pices of the Joint Technical Commission for Oceanogra-
phy and Marine Meteorology (JCOMM) of the World
Meteorological Organization (WMO) and the IOC.
A tsunami creates a signal component that is not normally
present in the observed sea level in usual times. Fortu-
nately, the signature of tsunami waves at sea-level gages
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is generally quite distinctive and thus recognizable (see
Figure 3) and can be differentiated from a signal due to
storm surge (UNESCO-IOC Manual and Guides, 2006).

Modeling capability
Guesstimating the generation mechanism of tsunami from
the earthquake information, identifying the wave propaga-
tion scheme, forecasting the travel time, and mapping
inundation zones are critical requirements in tsunami early
warning, which can be accomplished using numerical
models.

Tsunami modeling
Two of the most commonly used tsunami models pres-
ently are: theMethod of Splitting Tsunami (MOST) devel-
oped by Titov and Gonzalez (1997) and the Tohoku
University’s Numerical Analysis Model (TUNAMI)
developed by Imamura et al. (1995). Both these models
are capable of simulating the three processes of
a tsunami: earthquake generation, transoceanic propaga-
tion, and inundation of land. These models basically take
the seismic deformation as input to predict the run-up
heights and inundation levels at coastal regions for
a given tsunamigenic earthquake (Imamura et al., 1995).
The seismic deformation for an earthquake is computed
using Mansinha and Smylie (1971) formulation using
7.5
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Tsunami Watch and Warning Centers, Figure 4 Modeling using “
(Courtesy: INCOIS.)
the earthquake parameters like epicenter, focal depth,
strike, dip and rake of the rupture plane, length, width of
the rupture, and slip magnitude on the rupture plane.

Scenario database
The above models cannot be run in real-time situations
because of the computational overheads and resources.
Hence, a pre-run scenario database or look-up-table
(LUT) approach is most suitable in operational conditions.
The forecast strategy is based on a unit-source function
methodology, whereby the model runs are individually
scaled and combined to produce arbitrary tsunami scenar-
ios. Each unit-source function is equivalent to a tsunami
generated by a Mw 7.5 earthquake with a rectangular fault
100 km by 50 km in size and 1 m slip (Gica et al., 2008;
Greenslade and Titov, 2008; and Nayak and Kumar,
2008b, c). The faults of the unit functions are placed abut-
ting each other. When the functions are linearly combined,
the resultant source function is equivalent to a tsunami
generated by a combined fault rupture with assigned slip
at each sub-fault. These unit sources are located along
the known fault zones for the entire Pacific Basin, Carib-
bean for the Atlantic region, and Indian Ocean. Figure 4
shows how the unit sources are set up in the Indian Ocean.
A database of pre-run scenarios has been created for 1,000
unit sources covering all the tsunamigenic sources in the
unit-source” approach and the resulting scenario database.
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Indian Ocean region (Kuwayama, 2006). At the time of
earthquake occurrence, based on the location and magni-
tude, the basic unit-source open-ocean propagation sce-
narios are selected from the pre-run scenario database.
These scenarios are then merged and scaled up/down
using scaling relations (Nayak and Kumar, 2008c) to
reconstruct a scenario representing the actual magnitude.

Geospatial integration: inundation modeling
and mapping
The resulting open-ocean wave from the scenario data-
base, described in previous section, has to be extended
over to the shallow waters and to the coastal area to simu-
late inundation over land. Knowing the coastal inunda-
tion zone is the first step in disaster management and
mitigation, as it directly tells us the extent of population
to be evacuated and the estimated economic loss due
to an event. To perform accurate modeling of tsunami
inundation and run-up, a detailed model of near-shore
bathymetry and coastal topography is necessary. This is
crucial as the accuracy of model predictions is directly
related to the quality of the data used to create the bathym-
etry and topography of the model area. Coastal Bathyme-
try is the prime determinant of the height of the tsunami
wave or storm surge as it approaches the coast. Within
the Indian Ocean context, topography of the region at
1:25,000-scale with contours at intervals of 0.5–2 m up
to 20 m has been acquired. Preliminary maps have been
prepared of coastal topography using satellite stereo data
(CARTOSAT-1) for the Indian coast. These datasets, along
with airborneLightDetection andRanging (LIDAR) data,
were further used to create coastal vulnerability index
(CVI) maps and multi-hazard vulnerability maps
(MHVM) of coastline of India (Nayak and Kumar,
2008b). Similar high-resolution geospatial database is
being leveraged in the Atlantic and Pacific Oceans (Gica
et al., 2008).

Inundation mapping is not the only area where
geospatial technologies are used, the inundation levels
estimated and the subsequent threat status has to be accu-
rately linked and conveyed to the respective administra-
tive block within the coastal zones or within a province
or a country. To implement such mechanism, the concept
of coastal forecast points (CFP) and coastal forecast boxes
(CFB) was developed (ICG/IOTWS) and implemented
within the Indian Ocean region. Another major applica-
tion of evolving geospatial trends is the application of
3D modeling or “videogrammetric” approach to visualize
inundation and to identify evacuation routes and safe
houses during inundation.

Communication infrastructure
Communication infrastructure is the most crucial and tan-
gible aspect of any warning system for tsunami or any haz-
ard. The ability to report and warn of an event is what
makes and defines the warning system. Communication
in terms of receiving all scientific data and disseminating
information to the target audience within the required time
needs a reliable communication infrastructure. During this
process, TWC must respond fast, be as accurate as possi-
ble, and be reliable in order to be effective. All tsunami
warning systems feature multiple lines of communications
(such as SMS, email, fax, radio, texting, and telex, often
using hardened dedicated systems), enabling emergency
messages to be sent to the emergency services and armed
forces, as well as to population alerting systems.

Decision support system and 24 � 7 operational
center
In simple words, when the standard operating procedures
are coded into a program that can support organizational
decision making, then such a program can be called as
a decision support system. It helps decision makers to
compile useful information from a combination of raw
real-time data, documents, personal knowledge, and tsu-
nami scenarios models to accurately disseminate warning
advisories to the needed area at the right time. The DSS
encapsulates and foresees all the operations from the
beginning of the event till the passage of threat by issuing
timely advisories (Figure 2). The set of currently practiced
advisories are earthquake information, warning, watch,
and alert, which are described in detail in the following
sections. All the information gathering, decision-making
process, and infrastructure are part of the operational mon-
itoring center.
Types of tsunami advisories
Based on the earthquake information, the tsunami model-
ing scenarios and operational capability, different types of
advisory products are issued to the disaster management
officials and to the general public. Each advisory has
a distinct meaning and clearly suggests the action to be
taken. The earthquake information bulletin issued solely
on the earthquake information is a qualitative advisory
while all others are quantitative advisories (Figure 5)
issued taking into consideration the modeling results,
and real-time sea-level observations, along with the earth-
quake information.

1. Earthquake information bulletin is issued to inform the
occurrence of an earthquake and to advise its potential
to generate a tsunami based on the magnitude. The bul-
letin contains information about the earthquake param-
eters (origin time, latitude, longitude, focal depth, and
magnitude) and the name of the geographical area
where it has occurred.

2. Warning is the highest level of advisory where immedi-
ate action has to be taken. This advisory is issued when
a potential tsunami with significant widespread inun-
dation is imminent or expected.Warnings alert the pub-
lic that widespread, dangerous coastal flooding
accompanied by powerful currents is possible and
may continue for several hours after arrival of the ini-
tial wave. Warnings also alert emergency management



TsunamiWatch andWarning Centers, Figure 5 An example of quantitative advisory bulletin product. The product includes graphic
of tsunami travel time, along with text indicating the forecast of wave heights and arrival time along with threat status to each
administrative zone in the Indian Ocean. (Courtesy: INCOIS.)
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officials to take action for the entire tsunami hazard
zone. Warnings may be updated, adjusted geographi-
cally, downgraded, or canceled.

3. Watch is issued to alert emergency management offi-
cials and the public of an event which may later impact
the watch area. Immediate public evacuation is not
required, Local officials should be prepared for evacu-
ation if it is upgraded to warning status. The watch area
may be upgraded to a warning or canceled based on
updated information and analysis. Watches are nor-
mally issued based on seismic information without
confirmation that a destructive tsunami is underway.

4. Alert contains information about the earthquake and
a qualitative tsunami evaluation message indicating
that a tsunami is expected. As conditions warrant, the
advisory will either be continued, upgraded to
a watch or warning, or canceled. Alert implies public
should avoid beaches since strong currents are
expected. Local officials should be prepared for evacu-
ation if it is upgraded to warning status.

5. Cancelation indicates the end of the threat due to tsu-
nami. A cancelation is usually issued after an evalua-
tion of sea-level data confirms that a destructive
tsunami will not impact the warned area anymore.
A cancelation will also be issued following
a destructive tsunami when sea-level readings indicate
that the tsunami is below destructive levels and is sub-
siding in most locations.

Service levels
Based on the level of integration of key component
into the TWC, each TWC has the capability to deliver
advisory products at certain operational level. Each higher
service level represents much more detailed threat eval-
uation and will be directed to more specific agencies/
population group for disaster mitigation with increased
confidence levels. Presently, the implementation plan of
IOTWS (UNESCO-IOC, 2007) classifies these product
levels into three groups, based on incremental capacity
development:

Service Level I: At this level of operation, the TWC dis-
seminates only the earthquake information and
a qualitative tsunami threat evaluation to other national
warning centers.

Service Level II: This is a more robust service level that
includes all of the elements of Service Level I but adds
modeling and forecast elements so that Watches and
Advisory products include: Estimated wave height(s)
(EWH) and Estimated time(s) of arrival (ETA) for off-
shore forecast points, potential threat zones, advanced
warning and notification products of threat status and
zones in image format. At this service level of opera-
tion, real-time observations are included in the decision
making and in advisory products from Bulletin – 3
onward.

Service Level III: This is the most advanced level of oper-
ational service. At this level, the advisory products
include local risk and hazard assessment using inunda-
tion models, and they are more specifically directed to
communities at risk. Service Level III operations take
into account real-time inundation forecast in evaluating
the threat status. ATWC operating at this service level
indicates a mature early warning system capable of
detecting and evaluating tsunamigenic earthquakes
occurring anywhere in the global oceans.

Conclusion
Although tsunamis are known to occur rarely, the key ele-
ments integrated in a TWC become the essential and min-
imum requirements in dealing with other ocean-related
hazards like: cyclone related storm surges, cloud bursts,
and impacts of long-term coastal erosion and sea-level
rise. Geospatial technology has immensely helped in the
design of early warning system for tsunami, and the GIS
base layers and survey data make a TWC capable of deal-
ing with coastal threats due to multiple hazards.
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Synonyms
VSP

Definition
Vertical Seismic Profiling A geophysical technology for
measuring the seismic properties in a profile of the earth
using a set of sources and receivers, either of which are
placed along the depth (vertical) axis.

Introduction
Vertical seismic profiling (commonly abbreviated to the
name VSP) is a major technique in geophysical explora-
tion, which involves measuring downgoing and upgoing
seismic wavefields through a stratigraphic sequence.
Shortly after the first attempts of developing surface
reflection seismology, where both sources and receivers
were at the surface, the line of research set out with the
idea of burying either sources or receivers in boreholes.
McCollum and LaRue (1931) proposed that local geologic
structure could be determined from measuring the arrival
of seismic energy from surface sources with buried
receivers. This geometry forms the basic principle of
determining seismic wave propagation velocities from
VSP measurements even today. The technology of VSP
acquisition and processing was initially developed by
researchers in the former Soviet Union in the 1950s
through the 1970s. It was only later, in the mid 1970s, that
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
non-Soviet geophysicists became systematically engaged
in the advance of VSP technology for exploration applica-
tions. Today, the fruits of these efforts have served not
only in the improvement of velocity analysis, but have
materialized numerous other applications ranging from
structural imaging of complex 3D structures such as faults
and salt domes in exploration studies, to directing drill
operations, monitoring secondary recovery processes,
and hydraulic fracturing.

Acquisition techniques
A variety of data acquisition techniques are currently
employed, depending on the survey’s application and
financial budget. Figure 1 shows the main geometric con-
figurations, which include (1) zero-offset VSP (ZVSP),
where the source is near the well-head above the vertical
receiver array, (2) offset VSP, where the source is located
a distance away from the vertical borehole, (3) multi-offset
VSP, for multiple distances of the source to the borehole,
(4) walk-away VSP, where multiple sources are located
on a line at the surface and the receivers in a vertical array,
(5) walk-above VSP, where the sources are located over
receivers buried in a deviated or horizontal well, and
(6) drill-bit SWD (seismic while drilling) VSP, where the
drill-bit acts as the seismic source and the receivers are
on the surface. 3D VSP uses borehole receivers, and
a 2D surface source geometry (i.e., multi-azimuth multi-
offset, or walk-away VSP).

The common active seismic sources used in VSP
include those used in land and marine surface studies
(see Seismic Data Acquisition and Processing) as well as
the noise of the drill-bit in the case of SWD-VSP. There
is a variety of geophone tools available for use in cased
or uncased boreholes, which combine three orthogonal
geophones, a hydrophone and other borehole seismic
tools at each recording level. The receiver spacing is set
by the depth-sampling interval to avoid spatial aliasing.
90-481-8702-7,
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Vertical Seismic Profiling, Figure 1 Common acquisition geometries for vertical seismic profiling (VSP): (1) zero-offset VSP (ZVSP),
(2) offset VSP, (3) multi-offset VSP, (4) walk-away VSP, (5) walk-above VSP, and (6) drill-bit SWD (seismic while drilling) VSP.
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To limit field acquisition time, most commonly multilevel
receiver arrays are employed. The main source of noise in
VSP studies are tube waves, which are generated when the
fluid in the well is displaced by a seismic source, such as
ground roll. Tube waves propagate up and down a well
and create secondary tube waves in borehole anomalies,
which may interfere with primary reflections. As
a coherent noise mode, tube waves cannot be attenuated
by stacking, therefore, both field procedures, such as use
of attenuating heavy mud and construction of ditches to
attenuate the ground roll, as well as processing techniques,
such as filtering and tube wave modeling, are commonly
used to minimize their effect.

VSP applications
The primary use of VSP is the integration of VSP and
downhole logging to surface reflection surveys (Hardage,
1985). Contrary to surface studies, which infer subsurface
conditions from measurement of the reflected wavefields
with the source and receiver at the surface, a VSP config-
uration involves closely spaced direct physical measure-
ments of the wavefield between the source position and
the reflector.

Zero-offset VSP measurements can be correlated with
sonic logs and check-shot surveys in the borehole and
improve the depth positioning of reflections recorded in
surface data. From a velocity perspective, zero-offset
VSP measurements are denser than check-shot surveys;
hence, they provide a finer interval velocity profile. On
the other hand, VSP samples a larger velocity body around
the well than the high frequency sonic log, which may be
subject to cycle skipping and the effects of the washed-out
zones. VSP also contains the signature of the near-surface,
which is often absent in logging. Hence, synthetic
seismograms computed from sonic logs may not accu-
rately represent reflections recorded from surface mea-
surements. Reflections from zero-offset VSP, however,
can be matched to those from surface measurements via
an appropriate static time-shift to account for the differen-
tial travel times of the two recording geometries.

Concerning seismic imaging, the recorded wavefield in
a buried VSP array has higher signal to noise ratio across
a larger seismic bandwidth than surface measurements
for two reasons. First, surface cultural noise is suppressed
in the borehole, and second, upgoing reflections do not
propagate through the near-surface material, which is
highly attenuating (see Seismic, Viscoelastic Attenuation).
In addition, the reflections recorded in a VSP suffer
less attenuation as the distance to the target is shorter.
This shorter distance also implies that the Fresnel zone
(see Seismic, Waveform Modeling and Tomography)
is smaller in the case of a VSP, leading to higher resolu-
tion compared to surface seismic studies. Given that
downgoing and upgoing wave modes are separated in
the f-k space, either an f-k filter, or a trace by trace arith-
metic subtraction of the estimated wave mode can isolate
downgoing from upgoing waves. Estimation of the
downgoing wavefield from VSP data is used in the design
of deconvolution operators, which can be thereafter
applied to surface data to improve the vertical resolution.
On the other hand, upgoing reflections can be mapped to
their origin position via either a CDP-VSP mapping, or
Seismic, Migration algorithm, or a combination of the
two. A migration step is strongly advisable in the case of
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complex geologies. In recent years, VSP seismic imaging
has transformed from an analysis of acoustic reflections to
migrating converted-wave reflections (Grech et al., 2001),
which may be more sensitive to imaging tight-sand reser-
voirs compared to P-P reflections (O’Brien and Harris,
2006), as well as to applications of free-surface multiples,
which can increase the narrow cone of coverage of a VSP
to that of a 3D CDP survey (Jiang et al., 2005). Another
promising technique for seismic imaging applications is
interferometric imaging, which through the creation of
virtual sources (VS) in the location of the receivers elimi-
nates the need for any knowledge of the complex overbur-
den (Bakulin and Calvert, 2004). In addition, unlike
traditional migration schemes, interferometric imaging cir-
cumvents a priori knowledge of the velocity structure in
the vicinity of targets, such as salt flanks, and can be applied
to imaging complex structures above or below a receiver
array (Xiao et al., 2006; Vasconcelos et al., 2008).

Through the separation of downgoing and upgoing
wavefields and their relative amplitudes, it is possible
to extract the true reflection coefficients (see Energy
Partitioning of Seismic Waves) used for lithological inter-
pretation. Moreover, from multi-offset 3-component VSP
data it is possible to determine the AVO response (see
Energy Partitioning of Seismic Waves) with no assump-
tions to the path of the propagating wavefield, which is
required in surface seismic AVO analysis.

Another benefit of using VSP measurements is their
robustness in estimating Seismic Anisotropy, which
improves lithologic interpretations as well as increases
the quality of seismic imaging. Given the seismic velocity
response to changes in reservoir porosity and fluid con-
tent, velocity Seismic Anisotropy can also be applied in
monitoring of fluid-drainage patterns during production.
Fracturing will also affect seismic velocity; hence, VSP
velocity measurements can also be used in monitoring
hydraulic fracturing.

With attenuation (see Seismic, Viscoelastic Attenua-
tion) gaining increasing importance as a seismic parameter
linked to lithological properties, VSP has proven to be
a powerful tool for Q (see Seismic, Viscoelastic Attenua-
tion) estimation. Aside from true amplitude processing
required in stratigraphic interpretation, VSP-derived Q
profiles are also used in the design of inverse Q-filters to
enhance seismic resolution. Recent studies also suggest
a link between anisotropic attenuation and fracturing
(Maultzsch et al., 2007); hence, VSP azimuthal mea-
surements of attenuation may potentially be applied in
monitoring hydraulic fracturing in hydrocarbon and geo-
thermal applications.
Summary
In recent years, VSP surveys are becoming increasingly
popular for reducing risk in well placement and improving
reservoir monitoring. Intrinsic to the complex geometry of
the VSP, which poses several data acquisition and
processing challenges, is the ability of the VSP to expand
the spatial and time-lapse subsurface characterization
potential of conventional downhole logging and surface
reflection studies. Henceforth, following the success of
VSP surveys and their increased benefits over their finan-
cial cost, the VSP technique is a rapidly developing area of
geophysical research and may soon become a standard
logging service.
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Synonyms
VLBI

Definition
Very Long Baseline Interferometry (VLBI). correlation
interferometry of celestial objects with separately
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operating radio antennas equipped with frequency
standards, off-line data reduction remotely by a digital
correlator.
e-VLBI. VLBI with transmission of data by a high-speed
network instead of storage media.

Introduction
Very long baseline interferometry (VLBI) is a radio-
astronomical technique to achieve high spatial resolution
in astronomical imaging (of the order of milliarcseconds),
involving antennas separated by thousands of kilometers
(a “VLBI network”). Because the reconstruction of the
image depends on the precise knowledge of the vector
(hereafter: baseline) connecting the two antennas of
a station pair, the a priori knowledge of the image can be
used to determine the baseline vector by inverting the
measurement equation, with a precision corresponding to
a fraction of the wavelength. Such an a priori knowledge
is naturally given if the astronomical source on the sky is
spatially unresolved and therefore a “point source.” Such
sources – usually quasars, that is, the nuclei of bright radio
galaxies – are spread over the entire sky and regularly
observed in radio astronomy. Whereas VLBI in radio
astronomy aims at resolving these active galactic nuclei,
improper assumptions about source structure limit the
accuracy of the determinations of antenna stations. This
can be avoided by using appropriate source structure
models (Tornatore and Charlot, 2007). The importance
of VLBI techniques in Geophysics is evident if the two
antennas of a baseline are located on different tectonic
plates, whose relative motion and deformation can there-
fore be determined with high accuracy (qv Geoid).

AVLBI array can be thought as a fictive giant single-
dish telescope whose aperture is synthesized while the
baseline vector sweeps the sky thanks to the rotation of
the Earth. The resulting image therefore depends on the
angular momentum vector of the Earth. This dependency
implies applications of VLBI in the measurements of the
Earth’s spin axis in space and with respect to the solid
crust as well as irregularities of the Earth Rotation. Other,
less precise methods are position determinations with the
Global Positioning System (qv GPS, Tectonic Geodesy)
and synthetic aperture radar measurements (qv SAR Inter-
ferometry), the latter being an interferometric method, like
VLBI.

Methods and techniques in very long baseline
interferometry
The idea of connecting several telescopes to an array in
order to synthesize part of the surface of a single, large
telescope dates back to 1946, when Ryle and Vonberg
(1946) used for the first time a multi-element radio tele-
scope for solar observations. In both optical and radio
astronomy, the idea turned out to be extremely fruitful
for achieving the highest spatial resolutions. For a single
telescope, the resolution (in radians) is given by the ratio
of wavelength to aperture diameter (up to a factor of order
unity). By consequence, a radio telescope working at
a wavelength of 21 cm needs an aperture of about 50 km
in order to achieve the same angular resolution as, for
example, an optical telescope limited by atmospheric see-
ing. The largest, fully steerable radio telescopes have aper-
tures of the order of 100 m and reach, at that wavelength,
an angular resolution of 9 arc minutes. As an alternative to
even larger single-dish radio telescopes, several telescopes
can be connected by microwave or fiber optics cables in
order to form a connected-element interferometer. If the
telescopes of such an interferometer are suitably distrib-
uted, a sufficiently long observation of a celestial source
can be reconstructed to form an image whose angular
resolution is of the order of the ratio of the wavelength
to the longest among the distance vectors (“baseline,”
see Figure 1) between telescope pairs. The advantage of
connected-element interferometers is that the signals can
be correlated in real time, such that the phase of the elec-
tromagnetic wave when it arrives at the different tele-
scopes is preserved. This is achieved by mixing the
incoming signal with that from a local oscillator. In
a connected-element interferometer, the local oscillators
in all antennas are driven with a common phase reference.
The Very Large Array (VLA, New Mexico) and the Brit-
ish e-Merlin array have elements connected by optical
fiber cables, with baselines of up to 50 km (VLA) and
200 km (e-Merlin). Despite modern communication tech-
nology sometimes used (e.g., satellite links), the physical
connection of array elements becomes impractical beyond
a certain limit.

The step from a connected-element interferometer to
a VLBI experiment consists of abandoning (for practical
and economical reasons) the microwave or optical fiber
links, registering the data, together with time marks, on
a suitable storage medium, and analyzing the data later
with a digital correlator. While local oscillators are neces-
sary to convert the observed frequency band pass to one at
a lower frequency (for recording the data), they cannot be
locked to a common phase reference because of the large
separation between the antennas. Timemarks are therefore
necessary. This technique became feasible with the avail-
ability of reliable frequency standards for the time marks,
and magnetic tapes of sufficient storage capacity. The first
VLBI observation correlated the data of a single baseline
between the Hat Creek (California) and Green Bank (West
Virginia) observatories (Bare et al., 1967). Since then, the
major improvements in VLBI were mainly due to the
increase of baseline length (i.e., spatial resolution) and
collecting area (i.e., sensitivity), and due to the availability
of more reliable clocks and faster digital samplers, leading
to larger spectral bandwidth and thus sensitivity. Nowa-
days, hydrogen masers are used as frequency standards,
while arrays of hard disks replace the tapes. The distinc-
tion between a connected-element interferometer and
a VLBI network is somewhat imprecise. Using network
connections of large bandwidth, VLBI data can now be
transmitted in real time to the central correlator, while
the local oscillators of the antennas participating in the
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network are not synchronized. This technique has been
demonstrated in 2005 with the European VLBI Network
(EVN), involving a transatlantic baseline.
Physical principles
Interferometric experiments detect both amplitude and
phase of electromagnetic waves (conveniently described
by complex functions) and combine them in a suitable
way to provide images, spectra, and polarization informa-
tion. Phase-sensitive detection is possible by measuring
correlations (or coherence functions) in the incoming elec-
tromagnetic field. It has been shown (Sudarshan, 1963)
that for the case of two-point correlation functions, classi-
cal and quantum electrodynamics lead to equivalent
results if nonlinear effects are ignored. We therefore limit
our discussion to the case of ensembles of incoherent
packets of quasi-monochromatic electromagnetic waves
from different directions but confined to a small field of
view.

The starting point of any interferometric imaging
experiment is the van Cittert-Zernicke theorem (van
Cittert, 1934; Zernike, 1938), stating that the correlation
of the electromagnetic field at two points (two-point or
mutual coherence function) is, up to a complex scaling
factor, given by the Fourier transform (also called
“visibility function”) of the spatial intensity distribution
(example: the interference pattern observed on a screen
behind an illuminated slit or a grid). The complex scaling
factor involves a correction due to the fact that the antenna
baselines are not parallel to the plane of the sky (and, for
the case of VLBI, not coplanar among them). This so-
called delay correction tG needs to be applied because of
the lag between the arrival times of the front of the electro-
magnetic wave at the antennas of a given baseline
(Figure 1), and is equivalent to steering the fictive large
single-dish telescope mentioned above to the source. The
applied delay correction will differ from the theoretical
one, owing to the clock error and to the inaccuracy of
the assumed baseline length. In the absence of an error-
free, absolute time scale, the data streams from an antenna
pair rather have to be synchronized by maximizing the
correlated signal, applying reasonably guessed delay cor-
rections. A first synchronization is done by using the
GPS time signal (qv GPS, Data Acquisition and Analysis)
to which the local oscillators in the antennas are locked.
A refinement needs to be applied later when the data are
cross-correlated. There are actually two free parameters
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per baseline pair, not only the delay correction, but also the
frequency of the oscillations, due to the Earth’s rotation, in
the interference pattern (“fringes”). This frequency has to
be fitted, too, because it depends on the clock rate. For
hydrogen masers, whose radio signal at a frequency of
1.4 MHz is now commonly used as a frequency standard
for VLBI experiments, the fractional frequency drift
(e.g., due to temperature drifts) after 100 s is of the order
of 10�14. Such a high precision is required if phase infor-
mation is to be extracted once the signals are correlated.
There is yet another difference between a connected-
element interferometer with baselines of up to 106 wave-
lengths, and a VLBI experiment: in the former case, the
field of view of the interferometer is limited by the central
lobe of the antenna reception pattern (“main beam”),
whereas in VLBI the field of view is limited by the largest
delay tG within which the signal from a given direction is
coherent. This delay depends on the baseline length with
respect to the wavelength, on the spectral bandwidth
across which these signals are averaged, and on the accu-
racy required (e.g., astrometry or precise baseline determi-
nations need a higher degree of coherence). Therefore, the
field of view of VLBI observations is much smaller than
that of observations with connected-element interferome-
ters. However, nowadays more evolved data analysis tech-
niques exist that permit to overcome this limitation
(Garrett et al., 1999).

For each telescope of the VLBI network, the data from
the receiving system are recorded on an array of hard
disks, together with the time marks from the clock. Later
these data are correlated with a digital correlator. Modern
correlators currently used are the Mark IV and Mark Vor
K4 and K5 systems. They allow us to analyze VLBI data
for large frequency bands (for high sensitivity to contin-
uum signals) or high-frequency resolution (for observing
spectral lines).
Data calibration and imaging
After applying the aforementioned delay and fringe rate
corrections, the phases of the complex data need to be
recovered. The visibility functions are first smoothed to
an integration time interval, which depends on the toler-
ated “visibility smearing”: owing to the rotation of the
Earth during this time span, different spatial frequencies
are measured at different times, even for a single baseline.
Furthermore, at the highest frequencies, where atmo-
spheric fluctuations become important (mm VLBI), the
elementary integration times are kept below 20 s, which
allows one to apply atmospheric phase corrections.
Another upper limit to the integration time interval is
given by the stability of the clock. However, the time con-
stant of a hydrogen maser is longer than the two previous
limitations.

Unlike connected-element interferometers, where the
phase of the front of the incident electromagnetic wave
is not too much distorted by atmospheric effects, the phase
difference between signals received by different VLBI
stations is completely lost. This is because the atmospheric
fluctuations at the different antenna sites are uncorrelated,
and because the local oscillators in the antennas are not
locked by a common phase reference. Fortunately, only
phase differences with respect to a reference antenna are
important. For a triangle of VLBI antennas, the phase
errors due to atmospheric and instrumental fluctuations
cancel out in the sum of the phase differences between
the antennas of the three baselines involved (“phase clo-
sure”). Since the number of baselines scales roughly with
the square of the number of antennas, whereas the number
of phase errors increases only linearly with it,
a considerable part of the phase information can be recov-
ered (e.g., 89 % for the 18 antennas of the EVN). This
recovery of phase information can be improved by
a “self-calibration” initially assuming a point source as
model, calibrating the measured phases under this
assumption, and then creating a new source model using
an imaging algorithm. In the underlying theory, complex
antenna gains are used, and closure relations also exist
for their amplitudes.

Such imaging algorithms are needed because the VLBI
stations cannot sample the visibility functions on a regular
grid of spatial frequencies. Therefore, the brightness dis-
tribution resulting from a Fourier transform is convolved
with the “synthesized beam,” which is the Fourier trans-
form of the sampling of spatial frequencies. Iterative algo-
rithms exist to deconvolve the image such that the result is
the brightness distribution as observed with a fictive single
dish telescope whose diameter corresponds to the longest
available baseline. The CLEAN algorithm (Högbom,
1974) considers the brightness distribution as
a collection of spatially unresolved sources. Other
deconvolution algorithms have been proposed and applied
since then, depending on the nature of the observed bright-
ness distributions. The combination of CLEAN and phase
closure is known as hybrid mapping (e.g., Readhead et al.,
1980). Global fringe fitting (Schwab and Cotton, 1983)
extends the closure relations to time delays and fringe
rates and is iteratively used together with a deconvolution
algorithm like CLEAN.

For high-precision work (e.g., measurements of the
Earth rotation parameters, see below), general relativistic
effects need to be considered. As an indication, the gravi-
tational time delay due to the Earth’s gravity amounts to
up to�0.02 ns on a 6,000 km long baseline, and the posi-
tions of the celestial sources have to be corrected for light
bending in the gravitational field of the sun (4
milliarcsecond for an incidence orthogonal to the direction
from Earth to Sun, for a summary and further references,
see Heinkelmann and Schuh, 2010; Fomalont et al., 2010).
VLBI networks
VLBI networks now extend all over the world. The most
sensitive network is the European VLBI Network
(EVN), connecting 18 radio telescopes in Europe, Puerto
Rico, and South Africa, operating together for more than
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3 months per year. The American Very Large Baseline
Array (VLBA) works for the whole year. Other national
VLBI facilities exist in the UK (the Merlin array), Japan
(Japanese VLBI network JVN), and Australia (long base-
line array, LBA). Occasionally, some of these networks
work together to form global VLBI networks (e.g., the
EVN with the VLBA or Merlin, and the Asia-Pacific tele-
scope APT with observatories in Australia, China, New
Zealand and Japan). Currently, the best angular resolu-
tions (down to 0.1 milliarcsecond) are achieved with
global VLBI at 3 mm wavelength. Future improvements
of the spatial resolution scale are to be expected from
VLBI below 3 mm wavelength, and from networks
including satellite stations (with the Japanese HALCA
antenna, in operation from 1997 to 2005, to be replaced
by the VSOP 2 mission). These VLBI networks are
mainly used for astrophysical research. However, VLBI
is also used extensively for geodetic and geophysical
applications (see below). Owing to the importance of the
VLBI techniques for these disciplines, the International
VLBI Service for Geodesy and Astrometry (IVS, Schlüter
and Behrend, 2007) coordinates the observations of
a dedicated network of VLBI stations on all continents
(Figure 2), operated by national research agencies.

Geodetic and geophysical applications
The technique of VLBI is also used for geodetic and geo-
physical applications. In this context, the positions of
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compact extragalactic radio sources, like quasars, are con-
sidered to be known to sufficient accuracy and the relative
telescope coordinates are inferred from time delay obser-
vations which reflect the baseline-source geometry. In
most cases, networks of six to eight telescopes (Figure 2)
are employed in series of weekly sessions organized by
the IVS for the determination of Earth orientation param-
eters (qv Earth Rotation) and radio telescope coordinates.
Observing between 50 and 60 radio sources in a repeated
sequence of scans of 50–100 s duration over a 24-h period
provides enough redundancy and geometric stability to
determine telescope coordinates and Earth orientation
parameters.

Reference systems and tectonics
Geodetic and geophysical applications of VLBI have to do
a lot with coordinates of the radio telescopes on Earth and
in space. Through sophisticated engineering and constant
developments in the theoretical models, the coordinates of
radio telescopes around the world can be determined with
a relative accuracy of a few millimeters today. These coor-
dinates are always referred to a very specific point of the
telescope structure which lies at or close to the intersection
of the axes about which the telescope is rotated to aim at
the quasars.
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Reference Systems Service (IERS, qv Earth Rotation, see
also http://www.iers.org). Together with observations of
other space-geodetic techniques like the Global Naviga-
tion Satellite Systems (GNSS) or Satellite Laser Ranging
(SLR, qv Satellite Laser Ranging), the VLBI results are
merged into the International Terrestrial Reference Frame
(ITRF, qvGeodesy, Networks and Reference Systems). The
last version of the ITRF, ITRF2008, contains about 700
points on Earth which are all accurate to sub-centimeter.
The importance of VLBI for this endeavor is that VLBI is
the technique which is used to determine the scale of the
ITRF. Here, VLBI benefits from the fact that the geodetic
VLBI measurements link radio telescopes over interconti-
nental distances with extreme accuracy. The observations
of the other techniques are then used to densify the global
reference frame.

Closely linked to the coordinates of the radio telescopes
are the changes of the positions which are caused
by global tectonics better known as continental drift
(qv Geoid). Geodetic VLBI was the first technique to ver-
ify Alfred Wegener’s theory of continental drift through
real measurements across the North Atlantic between
1979 and 1984 (Carter et al., 1985; Herring et al., 1986).
Today, a full global scenario of several plates and defor-
mation zones exists for which geodetic VLBI has helped
to determine the magnitude and direction of the tectonic
movements. While the distance between North America
and Europe extends by about 20 mm per year, the changes
in the Pacific region reach 80 mm per year (Kondo et al.,
1987).

Likewise, the positions in space of the Earth and of the
quasars observed by VLBI are defined in the International
Celestial Reference System (ICRS). The ICRS has been
realized through the International Celestial Reference
Frame (ICRF, Ma et al., 1998) and its successor, the
ICRF2 (Ma et al., 2009), which rely on the VLBI positions
of many hundred extragalactic radio sources. Due to the
large distances of the latter, the ICRF can be considered
as definition of a local inertial system (or quasi-inertial
system). The origin of the ICRF is the barycenter of the
solar system. Systematic effects and additional random
errors of the ICRF2 do not exceed 50–100
microarcseconds (Ma et al., 2009). The accuracy of the
ICRF is expected to further improve in the future, thanks
to the aforementioned space VLBI (Charlot, 2009).
Earth rotation
Polar motion and irregularities in the Earth’s rotation:
Geodetic VLBI is one of the few main techniques for the
determination and monitoring of the Earth’s variable rota-
tion (qv Earth Rotation). Through the direct link between
the terrestrial and the celestial reference frames, VLBI is
the only technique which permits to determine all compo-
nents of Earth rotation without any input from other tech-
niques. While today polar motion is regularly determined
precisely with GPS observations (qvGPS, Tectonic Geod-
esy) on a routine basis, VLBI uniquely contributes the
Earth’s phase of rotation represented through the time
UT1 (Universal Time 1). UT1 is quite variable, due to
movements of the atmosphere and of the oceans, and
information on UT1 is needed for a number of applica-
tions including orbit transformations of Global Navigation
Satellite Systems. For this purpose, the International
VLBI Service for Geodesy and Astrometry (IVS) runs
daily observations providing UT1 with an accuracy of
about 5–10 ms.

Precession and Nutation: Looking at the Earth’s axis of
rotation in space, one can see that it describes a cone with
an opening angle of 23.45�, which needs about 25,700
years to complete. This phenomenon is called precession.
Superimposed on the precession cone are periodic move-
ments of the Earth’s axis of rotation which have
a magnitude of a few arcseconds and are called nutation.
For historical reasons, precession and nutation are handled
independently although they are caused by the same phe-
nomenon: The astronomical bodies of Sun, Moon, and
planets exert a torque on the equatorial bulge of the Earth
trying to pull it toward the ecliptic. Through its desire to
conserve angular momentum, the Earth reacts with
a precession effect. Through the periodic rotations of the
attracting bodies, superimposed periodicities result and
more than a 1,000 nutation periods can be identified cov-
ering a spectrum from 13.6 years down to a few days.

General relativistic effects in Earth Rotation: Owing to
the orbital motion of the Earth, spin-orbit coupling leads to
a “geodetic precession” of about 2 arcseconds per century
(qv Earth Rotation, Klioner et al., 2010) that are measured
by VLBI, which lends itself also to other tests of general
relativity (Fomalont et al., 2010).

Today, geodetic VLBI is the only technique that is used
to determine precession and nutation. The accuracy of the
nutation offsets determined from 24 h of VLBI observa-
tions is on the order of 80–100 microarcseconds which
correspond to about 3 mm when transformed to a metric
displacement at the Earth’s surface. The agreement
between these observations and a model which is derived
geophysically using an elastic Earth model is on the order
of 1 milliarcsecond. The main cause of the deviations is
the effect of the so-called free core nutation (FCN). This
phenomenon results from the fact that the Earth’s core
has a slightly different ellipticity than the rest of the body
resulting in different torques.
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Synonyms
Time-frequency analysis; Wavelet transform; Wavelets

Definition
Time-frequency representation (TFR). A view of a time
series represented over time and frequency.
Wavelet. A special function that is well localized in both
time and frequency domains.
Continuous wavelet transform (CWT). TFR of the ana-
lyzed signal obtained as a set of scalar products of all
dilated and translated wavelets with this signal.
Discrete wavelet transform (DWT). A wavelet transform
for which the wavelet is dilated and translated discretely.

Introduction
Spectral analysis methods of the time series based on
the Fourier transform are significantly limited in their
ability to distinguish the waves with similar frequency
content but having the different time of arrival. This
limitation can be overcome using different time-
frequency analysis techniques that allow us to examine
how the frequency content of a given signal changes as
a function of time.

A view of a time series represented over both time and
frequency is called the time-frequency representation
(TFR). Time-frequency analysis means analysis into
a TFR. There are different TFR methods each suitable
for different applications:

1. The short-time (alternatively short-term or windowed)
Fourier transform that is used to determine the
Harsh K. Gupta (ed.), Encyclopedia of Solid Earth Geophysics, DOI 10.1007/978-
# Springer Science+Business Media B.V. 2011
sinusoidal frequency and phase content of local sec-
tions of a signal as it changes over time (Allen and
Mills, 2004).

2. The Gabor transform is a special case of the short-time
Fourier transform that uses a Gaussian function to cre-
ate a window of time from which the spectrum of the
local signal values is computed (Allen and Mills,
2004).

3. The Wigner (alternatively Wigner–Ville) distribution
(Wahl and Bolton, 1993) and the pseudo-Wigner–Ville
distribution (Prosser et al., 1999; Andria and Savino,
1996) that can be formulated by the multiplicative
comparison of a signal with itself, expanded in differ-
ent directions about each point in time.

4. The S-transform (Stockwell et al., 1996; Pinnegar and
Mansinha, 2003) that is similar to the short-time
Fourier transform, but with a Gaussian window whose
width scales inversely, and whose height scales line-
arly, with the frequency.

5. The continuous wavelet transform (CWT) of a real or
complex signal with respect to a real or a complex
analyzing wavelet that is a set of scalar products of all
dilated and translated wavelets with this signal
(Grossmann and Morlet, 1984; Heil and Walnut,
1989; Chui, 1992; Daubechies, 1992; Holschneider,
1995; Mallat, 1999; Antoine, 2004). A wavelet is
a special function that is well localized in both time
and frequency domains.

6. The discrete wavelet transform (DWT) that is a wavelet
transform for which the analyzing wavelet is dilated
and translated discretely (Heil and Walnut, 1989;
Holschneider, 1995).

The short-time Fourier transform has a fixed resolution
dependent on the windowing function width. Awide win-
dow gives better frequency resolution (frequency compo-
nents close to each other can be separated), but poor time
resolution. A narrower window gives good time resolution
90-481-8702-7,
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(the time at which frequencies change), but poor fre-
quency resolution. Among all possible window functions,
there is one signal in particular that shows the best perfor-
mance regarding time and frequency localization: the
Gaussian. Thus, the Gabor transform and the S-transform
are the short-time Fourier transforms with the best joint
time-frequency resolution.

Since the Wigner distribution is a correlation of the sig-
nal with a time and frequency translation of itself, there is
no limitation in the time-frequency resolution. However,
its distribution may show negative energy levels and
exhibit interferences that do not have any physical mean-
ing. To minimize the effect of these interferences, the
smoothed pseudo-Wigner–Ville distribution can be used.
Unfortunately, the use of the smoothing operator intro-
duces time-frequency smearing in the resulting TFR and
therefore downgrades its advantage over the Gabor or
wavelet transform, namely, the exact localization over
time and frequency.

The CWT and DWT are computed by correlating the
signal with families of time-frequency atoms (wavelets).
Therefore, the time-frequency resolution of this method
is limited by the uncertainty relation bound to the simulta-
neous time-frequency resolution of the analyzing wavelet.

All of these above-mentioned methods are widely used
in the geophysical applications. However, the wavelet
transform gives a more general framework for the time-
frequency analysis of geophysical data; this approach is
powerful and elegant and has several remarkable proper-
ties that can be directly applied to the polarization and dis-
persion analysis of seismic waves in the time-frequency
domain.

In the next sections, we briefly introduce the direct and
inverse wavelet transforms and some of their properties.
Then, we will demonstrate the applications of the CWT
in the geophysical time-series analysis.
Continuous wavelet transform
Let us introduce the following notations:

1. sðtÞ is a square-integrable (finite-energy) real or com-
plex function over time from L2ðRÞ space:

sðtÞ 2 L2ðRÞ , Rþ?

�?
sðtÞj j2dt < ?.

2. o ¼ 2pf is the angular frequency (in radian/s) and f is
the physical frequency (in Hz).

3. ŝðoÞ ¼ Rþ?

�?
sðtÞe�iotdt; sðtÞ ¼ 1

2p

Rþ?

�?
ŝðoÞeiotdo

are the direct and inverse Fourier transforms.
4. gðtÞ 2 L2ðRÞ is a real or complex function called ana-

lyzing (mother) wavelet (Grossmann and Morlet,
1984).

5. Tt : gðtÞ7!gðt� tÞ is a shifting operator for the ana-
lyzing wavelet.

6. Da : gðtÞ7!gðt=aÞ=a is a dilation operator for the ana-
lyzing wavelet.
7. Wgsðt; aÞ are the complex wavelet coefficients depen-
dent on the dimensionless scaling factor a 2 R and
dimensional time factor t 2 R (in s).

8. The asterisk superscript means the complex conjugate.

The wavelet transform Wgsðt; aÞ of the signal sðtÞ
with respect to an analyzing wavelet gðtÞ is the set of
L2-scalar products TtDag; sh i of the signal with all dilated
and translated wavelets:

Wgsðt; aÞ ¼ TtDag; sh i ¼
Zþ?

�?

1
a
g�

t� t
a

� �
sðtÞdt :

(1)

Note that there are different possibilities to define the

dilation operatorDa. We use the factor 1=a in this operator.
For this factor, the amplitude of the wavelet spectrum
is proportional to the amplitude of the signal for
pure frequencies. Alternatively, the dilation Da : gðtÞ7!
gðt=aÞ= ffiffiffi

a
p

with corresponding adaptation of the trans-
form (1) can be also used (Heil and Walnut, 1989), but
the relation between the amplitude of the spectrum and
the amplitude of the signal will be in this case frequency
(scale) dependent.

Using the properties of the Fourier transform, we can
also define the shifting and the dilation operators as
Tt : ĝðoÞ7!e�iot ĝðoÞ and Da : ĝðoÞ7!ĝðaoÞ that allows
us to rewrite the transform (1) as being used for Fourier-
spectra of the analyzed signal and the analyzing wavelet
(Holschneider, 1995):

Wgsðt; aÞ ¼ 1
2p

TtDaĝ; ŝh i

¼ 1
2p

Zþ?

�?

eiot ĝ� aoð Þ̂sðoÞdo:
(2)

The last equation can be used for the fast computation

methods to calculate the CWT of the discrete signals
sðtnÞ with the signal length equal to 2N points. In this
way, a fast Fourier transform algorithm can be employed
in practice to compute the integral in the Equation 2.
The inversion formula
The wavelet transform preserves all information of the
transformed signal since there is an explicit formula that
allows us to recover the signal sðtÞ from its wavelet
spectrum (Holschneider, 1995):

sðtÞ ¼ MhWgsðt; aÞ

¼ 1
Cg;h

Zþ?

�?

Zþ?

�?

1
a2

h
t � t
a

� �
Wgsðt; aÞdtda;

(3)

where hðtÞ 2 L2ðRÞ is a reconstruction wavelet used for
the inverse transform; it can differ from the analyzing
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wavelet that has been used to calculateWgsðt; aÞ. The con-
stant Cg;h is the normalization coefficient having the same
meaning as the coefficient 1=2p in the inverse Fourier
transform. However, this coefficient depends on which
pair of wavelets has been taken for direct and inverse
transformation:

Cg;h ¼
Zþ?

0

1
o

ĝ�ðoÞĥðoÞ þ ĝ�ð�oÞĥð�oÞ
� �

do: (4)
Use of the physical frequency
In the practical applications, it is convenient to choose as
the scaling parameter the physical frequency f instead of
the dimensionless factor a: f ¼ f0=a, where f0 is the char-
acteristic (central) frequency of the analyzing wavelet. In
this case, we can rewrite the direct and inverse transforms
(1)–(3) as follows:

Wgsðt; f Þ ¼
Zþ?

�?

f
f0
g�

ðt� tÞf
f0

� �
sðtÞdt

¼
Zþ?

�?

e2pitjĝ�
f0j
f

� �
ŝðjÞdj;

sðtÞ ¼ MhWgsðt; f Þ

¼ 1
Cg;h

Zþ?

�?

Zþ?

�?

1
f0
h

ðt � tÞf
f0

� �
Wgsðt; f Þdtdf :

(5)
Wavelets
The analyzing wavelet, that is, wavelet used for direct
wavelet transform, must satisfy the following conditions
(Antoine, 2004):

1. The wavelet must be well localized both in the time and
in the frequency domain.
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Wavelet Analysis, Figure 1 (a) Morlet wavelet in the time domain,
Morlet wavelet (solid line) and Cauchy wavelet (dashed line).
2. The wavelet must satisfy the admissibility condition,
which guaranties the invertibility of the wavelet trans-

form:
Rþ?

�?

ĝðoÞj j2
oj j do < ?, see also Equation 4.
3. In the most cases, the previous condition may be
reduced to the requirement that the 0-th moment of

the wavelet should vanish:
Rþ?

�?
gðtÞdt ¼ 0.
4. The previous property can be generalized by requiring
that some consecutive moments vanish, which
improves the efficiency of the wavelet at detecting

singularities in the signal:
Rþ?

�?
tngðtÞdt ¼ 0.

The choice of the analyzing wavelet depends on what
typical oscillation modes are present in the signal.
For example, to analyze rectangular oscillations, the real
Haar wavelet proposed in (Haar, 1910) or a similar but
symmetric French hat (FHAT) wavelet is most suitable.
The most convenient for the seismic signals are real wave-
lets based on different-order derivatives of the Gaussian or
complex progressive wavelets. If a two-component signal
presented in a complex form is analyzed, or the separation
into prograde and retrograde wavelet spectrum is needed,
the choice of a complex progressive wavelet is preferable.

A special set of progressive wavelets is the set of func-
tions for which the Fourier transform is real valued. Let us
consider two such wavelets:

1. The Morlet wavelet is represented in Figure 1a. The
solid line corresponds to the real part, and the dashed
line to the imaginary part of the wavelet. The Fourier
spectrum is plotted in Figure 1c as the solid line. This
wavelet can be written with its Fourier transform as:

gðtÞ ¼ eio0te�t2=ð2s2Þ; ĝðoÞ ¼ se�ðo�o0Þ2s2=2 ; (6)

where the parameter s describes the variance of the
wavelet, and o0 ¼ 2pf0 is the central frequency.
Strictly speaking, this function is not a wavelet because
it is not of zero mean. However, the function values at
negative frequencies are small compared to the values
at positive frequencies that allow us to use it as
0 1 2 3
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(b) Cauchy wavelet in the time domain, (c) Fourier-spectra of the
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a progressive wavelet with necessary precision in
almost all practical applications.

2. The Cauchy wavelet is shown in Figure 1b and can be
written as:

gðtÞ ¼ 1� 2pit
p� 1

� ��p

;

ĝðoÞ ¼ ðp� 1Þp
ðp� 1Þ!

o
2p

� �p�1
e�ðp�1Þo=2p:

(7)

This wavelet has the unit central frequency, the param-
eter p describes the variance of the wavelet, and the
Fourier spectrum is nonsymmetrical (Figure 1c, dashed
line). The wavelet transform with respect to this wave-
let is closely connected to the analysis of analytical
functions over the half plane (Holschneider, 1995).

One can choose the translated d-function dt ¼ dðt� tÞ
as the reconstruction wavelet hðtÞ for the inverse wavelet
transform, which gives us a rather simple and fast recon-
struction formula (Holschneider, 1995):

sðtÞ ¼ MdWgsðt; f Þ ¼ 1
Cg;d

Zþ?

�?

1
f
Wgsðt; f Þdf : (8)

However, the d-function is not a wavelet and its choice

as the analyzing wavelet gðtÞ for the direct CWT is not
possible.
Wavelet spectrum amplitude and phase
Because the wavelet coefficients are complex, when using
a complex wavelet, we can write the spectrumWgsðt; f Þ as
1
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Wavelet Analysis, Figure 2 Wavelet spectrum amplitudes and pha
a function of wavelet spectrum modulus Wgsðt; f Þ
�� �� and

phase argWgsðt; f Þ:

Wgsðt; f Þ ¼ Wgsðt; f Þ
�� ��ei argWgsðt;f Þ;

argWgsðt; f Þ ¼ arctg
ImWgsðt; f Þ
ReWgsðt; f Þ
� �

;
(9)

where arctgðxÞ 2 ½�p; p�, which is implemented in most
programming languages as atan2().

Thus, the complex wavelet spectrum contains informa-
tion about the time-frequency distributions of the signal’s
amplitude and phase, and this amplitude and phase
information can be analyzed separately as shown in the
Figure 2. In this example, we consider a wave propagating
in the medium with dispersion and attenuation (see Seis-
mic, Viscoelastic Attenuation). This wave is represented
by two signals, s1ðtÞ and s2ðtÞ, which can be registered
from two geophones (see Seismic Instrumentation) sepa-
rated by a distance Δx (Figure 2a).

The wavelet spectrummodulus Wgsðt; f Þ
�� �� corresponds

to the instantaneous amplitude. We can visualize it, for
example, as contour line plot, where the horizontal axis
corresponds to the time, and the vertical axis represents
the frequency (Figure 2b). The complex wavelets Morlet
and Cauchy have a phase shift between the real and imag-
inary components that prevent here the high-frequency
modulus oscillations.

At the same time, a contour line plot of the wavelet
spectrum phase argWgsðt; f Þ represents the instantaneous
phase on the different frequencies. Because of practical
reasons, the phases must be only plotted for time-
frequency areas where themodulus Wgsðt; f Þ

�� �� is not infin-
itesimal (Figure 2c).
W| gs2(t,f)|

t (s)

W gra gs2(t,f)
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ses for two signals.
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To analyze the dynamic behavior of multivariate sig-
nals using the CWT, onemay be interested in investigating
of a diffeomorphic deformation of the wavelet space
Wgs1ðt; f Þ7!Wgs2ðt; f Þ as shown in Figure 2. Such a defor-
mation corresponds to a pseudodifferential operator acting
on signal’s wavelet spectrum:

D : sðtÞ7!MhDWgsðt; f Þ: (10)

In this context, we will consider in the next sections

how the wavelet transforms of the source and the propa-
gated signal are related through a transformation operator
that explicitly incorporates the phase and group velocities
as well as the attenuation factor of the medium.

Prograde and retrograde wavelet spectrum
Both Morlet and Cauchy wavelets are progressive, that is,
their Fourier coefficients for negative frequencies are zero.
This feature allows us to separate the wavelet spectrum
into prograde Wþ

g sðt; f Þ and retrograde W�
g sðt; f Þ

components:

Wg s ðt; f Þ ¼ Wþ
g s ðt; f Þ þ W�

g s ðt; f Þ;

Wþ
g s ðt; f Þ ¼ Wg s ðt; f Þ; f � 0

0; f < 0

�
;

W�
g s ðt; f Þ ¼ 0; f � 0

Wg s ðt; f Þ; f < 0:

� (11)

To perform such a separation for nonprogressive (e.g.,

real) wavelets, one must first calculate the Hilbert trans-
form of the source signal, which makes the numerical pro-
cedure more complex.

An example of the prograde and retrograde wavelet
spectrum is shown in Figure 3, where we consider a two-
component synthetic seismogram related to a Rayleigh
wave (see Surface Waves). From two signals, uxðtÞ and
uzðtÞ that correspond to the orthogonal components
of the record, we construct a complex signal
zðtÞ ¼ uxðtÞ þ iuzðtÞ, as shown in Figure 3a, where the
solid line corresponds to the real part, and the dashed line
to the imaginary part of this complex signal.
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Wavelet Analysis, Figure 3 Prograde and retrograde wavelet trans
For this complex signal, we perform CWT using Equa-
tion 5 with respect to Cauchy wavelet (7) and plot only the
absolute values of the complex wavelet coefficients as
contour line plots for the prograde and the retrograde com-
ponents (11) separately (Figure 3b). The analysis of the
difference between these two spectra is exactly the idea
to find out polarization properties of a signal as introduced
in the next sections.
Discrete wavelet transform
As the CWT, the discrete transform also has a huge num-
ber of applications in science, engineering, mathematics,
and computer science. In its basic form, the DWTemploys
a dyadic grid (integer power of two) in the timescale plane:

Tjk : gðtÞ7!g t� k=2j
	 


; Dj : gðtÞ7!2j=2g 2jt
	 


;

cjkðtÞ ¼ TjkDjgðtÞ; j; k 2 N:

Actually, the transform integral remains continuous for

the DWT, but is determined only on a discretised grid of
frequencies and time points (Heil and Walnut, 1989):

Wgsjk ¼ cjk; s
D E

¼
Zþ?

�?

2j=2g� 2jt� k
	 


sðtÞdt: (12)

For the DWT, the orthonormal wavelets are usually

used. The wavelet gðtÞ is called orthonormal, when

the functions family cjk

n o
in the Equation 12 corre-

sponds to an orthonormal basis in the L2ðRÞ space, that
is, cjk ;cnm

D E
¼ djndkm,where djn is the Kronecker’s

delta. In this case, each function sðtÞ 2 L2ðRÞ can be
represented as a sum of a convergent series:

sðtÞ ¼
X
j;k

WgsjkcjkðtÞ: (13)

The simplest possible orthonormal wavelet is the Haar

wavelet:
t (s)
5 6 7 8 9 10

form of a Rayleigh wave arrival.
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gðtÞ ¼
1; 0 � t < 1=2;
�1; 1=2 � t < 1;
0; t < 0; t � 1:

8<
: (14)

This function was proposed by Haar (1910) to give an

example of a countable orthonormal system for the space
of square-integrable functions on the real line. The techni-
cal disadvantage of the Haar wavelet is that it is not contin-
uous, and therefore not differentiable.

Use of wavelets in geophysical time-series analysis
Instantaneous parameters
The concept of instantaneous parameters has been widely
used in electric engineering and geophysics. Parameters
such as instantaneous amplitude Wgsðt; f Þ

�� ��, instanta-
neous phase argWgsðt; f Þ, and instantaneous frequency
Oðt; f Þ are directly related to geometry and physical prop-
erty variations of the medium through which the radar sig-
nal propagates. The instantaneous frequency, for example,
responds to both wave propagation effects and deposi-
tional characteristics, hence it is a physical attribute and
can be used as a hydrocarbon indicator by low frequency
anomaly, a fracture zone indicator, or a bed thickness indi-
cator. Using the wavelet spectrum, the instantaneous fre-
quency is defined as follows: Oðt; f Þ ¼ @

@t argWgsðt; f Þ.
To avoid the numerical derivatives in the above expres-

sion, it is possible to derive an exact analytical formula for
the computation ofOðt; f Þ that involves the wavelet trans-
forms of the signal with respect to the analyzing wavelet
gðtÞ and its derivative g0ðtÞ. This approach is widely used
for instantaneous frequency estimate with Gabor trans-
form (Borum and Jensen, 1999) and can be adapted to
the case of wavelet transform as follows:

Oðt; f Þ ¼ �Im
Wg0sðt; f Þ
Wgsðt; f Þ

� �
: (15)
Polarization analysis
Perhaps the first successful attempt to combine the time-
frequency analysis with the polarization analysis of
multicomponent signals was done by (Keilis-Borok
et al., 1989). Afterwards, a great number of the different
polarization methods working in the time-frequency
domain has been proposed. Some of these methods are
based on:

1. The DWTwith respect to the orthogonal wavelets and
the singular value decomposition (Lilly and Park,
1995; Claassen, 2001).

2. The S-transform and elliptical motion approximation
(Pinnegar, 2006; Schimmel and Gallart, 2007).

3. The CWT with respect to the orthogonal Mayer’s
wavelets and the complex covariation method (Soma
et al., 2002), the singular value decomposition method
(Roueff et al., 2006), the adaptive covariance method
(Kulesh et al., 2007), as well as using analytical signals
(Burjanek et al., 2009).
4. The wavelet packet decomposition of three-component
seismic traces (Lyubushin, 2006).

As an example let us consider a simple polarization
method based on the complex trace analysis. This method
can be applied for the two-component signals. First, we
construct a complex signal zðtÞ ¼ uxðtÞ þ iuzðtÞ from
two orthogonal components uxðtÞ and uzðtÞ of a record to
be analyzed. Next, we perform CWTand split the obtained
wavelet spectrum into prograde Wþ

g zðt; f Þ and retrograde
W�

g zðt; f Þ components using Equation 11. Then, we can
compute the phase difference Dfðt; f Þ, the major Rðt; f Þ
and minor rðt; f Þ half-axes, and the tilt angle yðt; f Þ of
the polarization ellipse in the time-frequency domain as
follows

Dfðt; f Þ¼arg
Wþ

g zðt; f ÞþW�
g zðt; f Þ�

Wþ
g zðt; f Þ�W�

g zðt; f Þ�
 !

þp=2;

Rðt; f Þ¼jWþ
g zðt; f Þjþ jW�

g zðt; f Þj;
r ðt; f Þ ¼ jWþ

g zðt; f Þj� jW�
g zðt; f Þj;

yðt; f Þ¼ argðWþ
g zðt; f ÞW�

g zðt; f ÞÞ=2:
(16)

Thus, the particle motions can be represented by instan-

taneous attributes that show distinct features for waves of
different polarization characteristics. These attributes are
explicitly related to the wavelet transform coefficients of
the analyzed signal that can be used to perform the com-
plete wave mode analysis (Pacor et al., 2007) and separa-
tion/filtering (Diallo et al., 2006) of two-component
seismograms in the wavelet domain.
Dispersion analysis
Surface wave propagation in heterogeneous media can
provide a valuable source of information about the subsur-
face structure and its elastic properties. For example, sur-
face waves can be used to obtain subsurface rigidity
through inversion of the shear wave velocity. The
processing of experimental seismic data sets related to
the surface waves is computationally expensive and
requires sophisticated techniques in order to infer the
physical properties and structure of the subsurface from
the bulk of available information.

One of these techniques is the calculation and interpre-
tation of the phase and group velocities from the experi-
mental seismograms. The time-frequency representation
is today commonly used for the phase and group velocities
computation (Levshin et al., 1972; Abbate et al., 1995;
Prosser et al., 1999; Niethammer et al., 2001; Pedersen
et al., 2003). Most of the methods are essentially based
on the study of the square modulus of the representation,
which can be interpreted as the energy density in the
time-frequency plane. These methods provide only partial
information that cannot be directly used to characterize the
phase velocities and the different propagation modes.
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In order to analyze the dynamical behavior of multi-
arrived signals using the model (10), it is also possible to
develop a wavelet transformation operator that approxi-
mates the wave propagation in the dispersive medium
and explicitly incorporates the phase and group velocities
as well as the attenuation function (Kulesh et al., 2005):

Wgsmðt; f Þ ¼ e�aðf ÞDmj Wgsj t � Dmj

Cgðf Þ ; f
� �����

����
� ei�argWgsj t�Dmj=Cpðf Þ; fð Þ:

(17)

In this operator, C ð f Þ ¼ f =kð f Þ is the phase velocity,
p
Cgð f Þ ¼ 1=k0ð f Þ is the group velocity, and að f Þ is
the attenuation function. The signals smðtÞ and sjðtÞ corre-
spond to records obtained from two geophones placed
with distance Dmj ¼ Dm � Dj apart, and kð f Þ is the fre-
quency-dependent wave-number function.

The relationship (17) has the following interpretation.
The group velocity is a function that “deforms” the image
of the absolute value of the source signal’s wavelet spec-
trum, the phase velocity “deforms” the image of the wave-
let spectrum phase, and the attenuation function determines
the frequency-dependent real coefficient by which the
spectrum is multiplied (see also Figure 2b and c). Based
on this property, one can construct the optimization
(Holschneider et al., 2005) and correlation (Kulesh et al.,
2008; Waltisberg and Raišutis, 2008) methods that allow
us to extract both phase and group velocities from the
wavelet spectra of multi-arrived signals containing waves
with several wave modes.
Summary
In contrast to the Fourier transform, the CWT provides
a two-dimensional spectrum of the analyzed signal, where
the frequency and the time are treated as independent vari-
ables. As a result, we can investigate the signal in the time
domain and in the frequency domain at the same time. The
fact that the time-frequency-dependent polarization attri-
butes are explicitly related to the wavelet transform of
the signals enables us to perform the wave mode separa-
tion in the wavelet domain. It is also possible to construct
the wavelet-based dispersion operators that can be used to
model wave propagation in a dispersive and attenuating
medium.
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D
Deep mantle MVS studies, 344
Deep scientific drilling, 91–103

active fault zones, 96
Chelungpu drilling project, Taiwan, 98
Cornith rift laboratory, Greece, 97
German Continental Deep Drilling

Program, 93
goals, 91
impact craters, 96
Kola Superdeep Borehole, Russia, 93
mantle plume volcanism, 95
mid-ocean ridge magmatism, 94
Nojima fault projects, Japan, 97
SAFOD, California, USA, 97
sampling and monitoring technique, 92
subduction zone fault drilling at sea, 98
unconventional resources, 99
volcanic systems, 94, 95
Wenchuan fault, China, 98

Deep sea drilling studies, 913
Deep seismics, 103

bright spots, 113
continental Moho, 113
critical angle, 104
critical distance, 104
crossover distance, 104
crustal reflectivity, 112
doubling of Moho, 109
Huygen's principle, 104
normal moveout (NMO), 105
nuclear explosions, 110
offset, 103
phases, 103, 104
processing, 106

coherency filter, 106
statistical processing, 106

rheology, 109
role of (multiple) scattering, 113
super deep drilling, 109
Kola peninsula, 109
KTB, 109

upper-mantle reflectivity, 109
wide-angle reflection/refraction (WARR), 105

Dendrochronology, 969
Differential rotation of the Earth's

inner core, 118–121
anisotropy, 120
earthquake doublets, 120
super-rotation, 120
temporal variation, 120
waveform doublet, 120

Diffuse plate boundary, 913
Digital Elevation Models (DEM), 1032,

1042, 1044
Discrete Fourier Transform, 551
Dynamic topography, 663

E
Earth Observation Satellite (EOS), 1031, 1032
Earth, density distribution, 133
astrogeodetic measurements, 133, 134
density gradient anomaly, 135
gravitational constant, 133
lateral density variations, 136
mean density, 133
moment of inertia, 134
Preliminary Reference Earth Model

(PREM), 135
self compression, 134
Williamson–Adams equation, 134

Earth oscillations, 342
Earthquake
fault slip, 37
induced, 15
lights, 165–167
source, 166
quasiperiodic, 37
recurrence interval, 37
segment, 37
seismic cycle, 37

Earthquake, aftershocks, 192–194
causes, 192
hazard, 193
scaling laws, 192

Earthquake, focal mechanism, 194–199
double-couple, 195, 198
evaluation tools, 198
from P-wave, 196
fundamental results, 197
inversion of the moment tensor, 197
stress release, 197

Earthquake forecast, Koyna, 20–23
Earthquake, foreshocks, 199–201
causes, 200
characteristics, 199
use in prediction, 200

Earthquake, location techniques, 201–207
early history, 201
multiple-event location, 204
relative location, 205
single-event, 202
uncertainties, 202
waveform cross-correlation, 204

Earthquake, magnitude, 207–218
body-wave, 211
local scales, 208
non-saturating scales, 213
relation between Mw, Me and classical

magnitude, 215
saturation, 213
scales and seismic energy, 212
surface wave, 210
teleseismic scales, 210

Earthquake precursors and prediction,
168–178

precursors, 168–178

electrical, 168, 171
electromagnetic, 171
geochemical, 168, 170
geodetic, 168
high-frequency EM emission, 173, 174
history, 168
hydrological, 168, 170
imminent, 168
intermediate term, 168
lithosphere-atmosphere-ionospheric

coupling, 176
long term, 168
magnetic, 171
radon, 168
seismological, 168
short term, 168
thermal, 168
ultralow-frequency, 172
VAN Method, 171, 172
very short term, 168
Earthquake prediction: M8 algorithm, 178–182
MSc algorithm, 180
targeting mega-earthquakes, 180

Earthquake rupture: Inverse problem, 182–188
Earthquakes and crustal deformation, 218

co seismic crustal deformation, 222
elastic rebound theory, 220
fault morphology, 220
induced earthquakes, 220
LIDAR method, 224, 1035
low-frequency earthquakes, 219
mantle relaxation, 219
post seismic crustal deformation, 223
post seismic slip events, 219
pre seismic crustal deformation, 221
slow earthquakes, 219
slow-slip events, 219
tectonic earthquakes, 219
tectonic tremors, 219
volcanic earthquakes, 219
volcanic tremors, 219

Earthquakes, early and strong motion
warning, 226–233

approaches, 228

onsite, 228
P-wave based, 228
regional, 228
strong-motion based, 228

implementation, 230
Bucharest, Romania, 230
Japan, 230
testing, 230

use, 227
Earthquakes, energy, 233–237

calculation, 233, 234
outlook, 235

Earthquakes, intensity, 237–242
conversion of intensity scales, 238
conversion of intensity to magnitudes, 239
history of intensity scales, 237, 238
intensity attenuation and focal depth, 239
intensity attenuation models, 240
macroseismic scales and intensity

assignment, 237
macroseismic surveys, 239
relation with strong ground motion, 240

Earthquake sounds, 188–192
applications, 189
how produced, 190
infrasound, 189
records, 188
sonification, 190

Earthquakes, PAGER, 243–245
developments, 245
impact scale, 245
process, 243

Earthquakes, shake map, 245–248
Greece, 246
historical context, 246
Iceland, 246
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Italy, 246
outlook, 248
related systems, 246
Romania, 246
Switzerland, 246
USA, 246, 247

Earthquakes, source theory, 248–252
dynamic earthquake model, 248
dynamic fault models, 251
finite source models, 250
future work, 252
kinematic earthquake model, 248
kinematic models, 250
point source models, 249

seismic radiation, 250

seismic moment, 248
seismic radiation, 248
seismic spectrum, 248

Earthquake, strong-ground motion, 252–260
duration of shaking, 254
peak ground acceleration, 253
peak ground displacement, 253
peak ground velocity, 253
response spectrum, 254
source effects, 254
strong ground motion modeling, 256

simulation, 258
Warth bridge, Vienna, Austria, 258

wave propagation effects, 255
Earthquakes, volcanogenic, 261–269

conduit resonance, 263
hybrid events, 263
lahars and pyroclastic flows, 267
low-frequency earthquakes, 261, 262
magma ascent-rate, 266
rock-fall events, 261
seismicity and infrasonic signals, 267
stress changes in volcanic setting, 268
very-long-period earthquakes, 261, 265
volcanic tremor, 261, 264
volcano seismology, 261
volcano-tectonic earthquakes, 261

Earth rotation, 123
angular momentum functions, 125
celestial intermediate pole, 125
Chandler frequency, 124
Chandler wobble, 126
Euler frequency, 124
Euler–Liouville equations, 124
Euler's dynamic equation, 124
excitation functions, 125
International Astronomical Union, 125
International earth rotation and reference

systems (IERS), 128, 326
length of day, 123
nutation rates, 123
polar motion, 127
Sagnac frequency, 123

Earth's structure, core, 137–138
anisotropy, 137
attenuation, 137
radial and lateral variations, 137
temporal changes, 138

Earth's structure, global, 144–154
1D, 145
3D tomography, 148
anelasticity, 144
core, 144
crust, 144
D” layer, 145, 154
Gutenberg discontinuity, 145
layers of the earth, 146
Lehmann discontinuity, 145, 160
mantle, 144
mantle convection, 146
origin of hotspots, 151
preliminary reference earth model

(PREM), 147
transition zone, 145, 159

Earth's thermo-chemical history, 836
Earth tides, 131, 342
gravimetric factor, 129
load tide, 132
lunar tide, 132
strain meter, 129
tidal deformation, 131
tidal displacement, 131
tidal potential, 130
tilt meter, 130

Effective viscosity of mantle, 343
Elastic rebound, 37
Electrical properties of rocks, 270–276
Archie's law, 273
dielectric behavior, 272
electrical conductivity, 271
electrical conduction, 271
electrochemical double layer, 270
Stern layer, 270

electrical conductivity of crustal
rocks, 273

electrical conductivity of liquid-bearing
rocks, 272

electrical conductivity of mantle rocks, 273
lower mantle, 274
mantle transition zone, 274
upper mantle, 273

electrical conductivity, temperature
dependence, 274

electrical structure of the Earth's mantle, 274
hopping conduction, 274
impedance spectroscopy, 272
ionic conduction, 273

Electrical resistivity surveys, 276–284
electrical resistivity surveys, 276, 603
resistivity imaging survey, 279, 282
Schlumberger survey, 277
Wenner survey, 277
Electronic Geophysical Year, 283–285
history, 284
operations, 284
scope, 284

Energy budget, 285
continental heat flow, 285
energy budget of the mantle, 288
heat flux from the core, 289
hotspots, 287
oceanic heat flow, 286
thermal expansion coefficient, 286
radiogenic heat production, 288
secular cooling, 289

Energy partitioning, 291
reflection coefficient, 291
acoustic impedance, 291
AVO, 293
Class I, 293
Class II, 293
Class III, 293

mode converted P-S, 291
ray parameter, 291
Shuey's approximation, 292
transmission coefficient, 291
Zoeppritz equation, 291

Enhanced Thematic Mapper (ETM), 1031
Equatorial electrojet (EEJ), 294
Hall conductivity, 294
ionospheric plasma, 295
Pedersen conductivity, 294

Exclusive economic zone (EEZ), 669
F
Flexural modelling, 655

elastic thickness, 654
Fractals and chaos, 297

Brownian motion, 298
fractal dimension, 300
fractal signal analysis, 299
Gaussian noise, 298
Hurst coefficient, 298
scaling law, 297
white noise, 299

Free oscillations of the earth, 302, 495
effect of earth rotation, 308
Jean's formula, 309
mode summation techniques, 304
normal-mode theory, 303
oscillations of first class, 304

toroidal oscillations, 303

oscillations of second class, 304
spheroidal oscillations, 303, 305

oscillations of SNREI, 305

G
General properties of rifts, 43

magmatism in rifts, 47

non-volcanic, 47
volcanic, 47

metamorphism in rifts, 48
sedimentation in rifts, 46
structure of rifts, 43

Geodesy, 317, 319, 325
Geodesy, figure of earth, 313

conventional terrestrial system, 316
datum, 316

horizontal datum, 316
traditional geodetic datum, 316
vertical datum, 316

geocentric coordinate time (TCG), 316
International Terrestrial Reference System

(ITRS), 316
mathematical figures of earth, 313

Geodesy ground positioning and
leveling, 316

astronomic azimuth, 318
control point, 318
differential leveling, 321
ground positioning, 317
height determination, 318
interferometric radar, 320
leveling, 321
terrestrial laser scanner, 319
terrestrial positioning, 318
theodolite measurement, 318
transverse survey, 318
trilateration, 318
triangulation, 317

Geodesy network, 323
Celestial Reference System (CRS), 326
continental vertical reference system, 329
continental reference system, 329
Earth Rotation Parameter (ERP), 324
fundamental station, 329
geodetic reference system, 325
global geodesy international services, 330

BIPM, 328
IAG, 328
ICET, 328
ICGEM, 328
IDEMS, 328
IDS, 328
IGeS, 328
IGFS, 328
IGS, 328
ILRS, 328
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Geodesy network (Continued )

IVS, 328

GRS80-ellipsoid, 326
International Terrestrial Reference System

(ITRS), 325
metrology, 324
national geodetic reference system, 329
network, 325
no net rotation (NNR), 325
terrestrial reference system (TRS), 325
universal time coordinated (UTC), 325
World Geodetic System (WGS84), 325

Geodesy physical, 331
disturbing potential, 332
geoid and reference ellipsoid, 333
gravitational potential, 332
gravity field of earth, 331
gravity model, 335
gravity reduction, 334
satellite geodesy, 334

Geodetic pendulum, 336
Grotta Gigante horizontal pendulum, 337
inclination of reference axes, 339
ultra broad band tilt meter, 336
vertical pendulum, 337

Geodynamics, 340–341
computational, 341

Geodynamo, 55, 118
Geoelectric structure of the mantle, 343
Geoelectromagnetism, 341–353

geomagentic deep sounding, 342
magnetotellurics, 342
magneto-variation profiling, 342

induction vector, 343

magneto-variation sounding, 342
telluric, 342

Geographic Information System
(GIS), 1034

Geoid, 353–356
Geoid anomaly and tectonics, 354
Geoid, computational method, 366–371

Dg-contribution, 367
GM contributions, 366
satellite altimetry contributions, 369
terrain contributions, 370

Geoid determination, theory and principles,
356–364

analytical solutions to the geodetic
BVPs, 358

spherical harmonic series, 358
Stokes and Molodensky geodetic BVPs, 357
treatment of topography, 360

Bouguer correction, 360
co-geoid, 360
residual terrain model reduction, 361
terrain correction, 360
terrain reductions, 360
Geoid undulation, interpretation, 362–366
direct problem, 363
inverse problem, 363
truncated geoid, 364

Geomagnetic excursions, 371
paleomagnetic secular variation, 372
virtual geomagnetic dipole, 371

Geomagnetic field, global, 373
declination, 373–375, 377
geomagnetic jerks, 378
geomagnetic poles, 374
inclination, 373–375, 377
magnetic poles, 374
spherical harmonic analysis, 373
total intensity, 377

horizontal intensity, 378
vertical intensity, 378
Geomagnetic field, measurement, 381
data processing, 384
fluxgate magnetometer, 384
Overhauser magnetometer, 383

gyromagnetic ratio, 381
variometers, 383

Geomagnetic field, theory, 394
dynamo theory, 398
a-effect, 397
disk dynamo, 397
homogeneous dynamo, 397
magnetic diffusivity, 396
o-effect, 397
permeability, 396
Reynolds number, 396
solar magnetic field, 397

geodynamo, 394, 397
Coriolis force, 400
Lorentz force, 397
magnetohydrodyanmic theory, 398

Geomagnetic polarity reversals, 386
dynamo mechanisms, 390
geomagnetic polarity time scale (GPTS), 386
geomagnetic reversal, 387, 388
magnetic epochs, 386
magnetostratigraphy time scale, 386
marine magnetic anomalies, 386
thermal remanent magnetization (TRM), 386

Geothermal heat pumps, 411
borehole heat exchanger, 412, 413
technology, 412

Geothermal record, 415
climate change, 415, 417
heat diffusion equation, 417
temperature depth profile, 417
temperature reconstruction, 415, 419
thermal diffusivity, 415

GIS techniques for tectonics, 1030–1035
Glacial Isostatic Adjustment (GIA), 870, 875
Global Earthquake Model (GEM), 1334–1340
Global Earth's deformations, 1052
Global Navigation Satellite Systems (GNSS), 432
Galileo, 432
GLONASS, 432
International GNSS service, 432
International Terrestrial Reference Frame

(ITRF), 432
Global Positioning System (GPS), 1031, 1049
GPS Earth Observatory Network System

(GEONET), 1374
GPS, data acquisition and analysis, 420–431
ground instrumentation, 422
antenna, 422
receiver, 422

measurements, 423
carrier phase model, 424
code pseudo-range model, 424

satellite positioning, 420
point positioning, 420, 428
relative positioning, 421, 425, 428

system description, 421
satellite, signals, and system time, 421

GPS, data errors and biases, 425
receiver dependent errors, 425
antenna-specific errors, 426
cycle slips, 426
measurement noise, 425
receiver clock errors, 426

satellite-dependent biases, 426
antenna-specific errors, 427
orbit and satellite clock errors, 426

signal propagation biases, 427
ionospheric refraction, 427
tropospheric refraction, 427
GPS, tectonic geodesy, 431–449
complex models of earthquake cycles, 441
coseismic displacement, 431, 437
Denali fault, 439, 440
earthquake cycle, 431
Fennoscandian region, 444
glacial isostatic adjustment, 431, 443
Hudson Bay, 444
India-Eurasia plate boundary zone, 435
interseismic deformation, 434
Okmok volcano, 442
post seismic displacement, 431, 438
slip deficit, 431
Sumatra subduction zone, 437
volcanic inflation, 431, 442

Gravimeters, 449
displacement sensing, 452
electromagnetic feedback, 452
fused quartz sensors, 450
inertial grade accelerometer, 451
intrinsic error sources, 452

instrument noise, 453
long term drift, 453
scale factor changes, 453
sensor motion & orientation, 453
temperature, pressure, magnetic field, 453
transportation effects, 454

metal spring-mass sensors, 453
superconducting gravity sensor, 453

Gravity anomalies, interpretation, 456
Bouguer gravity anomalies, 457
forward modeling method, 458
gravity anomalies, 456
gravity disturbance, 456
gravity modeling, 456
gravity stripping, 457
inverse modeling method, 458
spatial resolution, 457

Gravity anomaly, 524
atmospheric correction, 528
Bouguer correction, 527
Central Andes, 529
distant relief, 529
ellipsoid, 529, 530
free air correction, 526
geoid, 525, 529
normal gravity, 526
regional-residual field, 529
terrain correction, 528

Gravity data, processing, 461
Euler & Werner deconvolutions, 461, 463
extended Euler deconvolution, 461, 463
potential field transformations, 461, 462
spectral analysis, 461
tensor deconvolution, 463
wavelet analysis, 461, 463

continuous wavelet transform, 464
discrete wavelet transform, 464
Gravity data, regional-residual separation, 466
analytical method, 467
finite element analysis, 467
Airy-Heiskanen isostatic model, 470
Bouguer corrections, 466
free air corrections, 466
interpolating/shape functions, 466
isostatic anomaly, 466
observed Bouguer gravity anomaly, 466
regional Bouguer gravity anomaly, 466
residual Bouguer gravity anomaly, 466

Gravity field of the Earth, 471
density moments, 478
disturbing potential, 476
earth's internal gravitational field, 482
Green's functions, 476
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low degree harmonics, 478
Newton's law of gravitation, 472
normal reference field, 480
Philosophiae Naturalis Principia

Mathematica, 471
spherical harmonics, 475
terrestrial gravitation, 472

Gravity global models, 533
Doppler obit and radiopositioning

(DORIS), 537
EGM 96, EGM2008 models, 537
geoid determination, 536
gravitation, 535
gravity, 535
gravity mapping satellite missions, 539
inertial navigation application, 536
least square collocation, 541
local and regional gravimetric models, 534
model evaluation, 544
oceanographic applications, 533
optical, radio Doppler, radio interferometric

data, 537
orbit determination application, 537
satellite altimeter data, 537
satellite laser ranging, 539
satellite-only models, 538
satellite-to-satellite tracking, 539
spherical harmonic functions, 535
tracking and data relay satellite

system, 537
Gravity gradiometry, 547

Eötvös horizontal variometer, 556
error analysis, 553
floated gradiometer, 556
forward modeling of gradients, 550
full tensor gradiometer, 554
GOCE, 559
gravitational gradients, 548
gravitational gradiometer, 554
gravitational mapping of Earth, 561
Legendre spectrum, 551
moving base gradiometers, 556
Newtonian gravitational field theory, 548
power spectral density, 552
reference field, 552
spherical coordinates, 549
superconducting gravity gradiometer

SGG, 558
torsion balance, 555

Gravity measurement, absolute, 494
acceleration due to gravity, 494
gal, 494
invariable pendulum, 494
macroscopic falling mass test, 494
micro-g LaCoste FG5, 495
microscopic falling mass test, 495
reversible pendulum, 494

Gravity method, airborne, 497
aerogravity, 497
attitude compensation platforms, 499
full tensor gradient gravity meter,

498, 499
gravity disturbance, 499
regional geoid, 499
scalar gravimeter, 498
vector gravimeter, 499

Gravity method, principles, 500
anomalies, 503
gravimetry, 503
gravitational constant, 503
inversion problem, 504
Newtonian potential, 501
potential function, 501
principle of equivalence, 503
Gravity method, surface, 513
base loop correction, 515
closed loop, 513
detailed gravity surveys, 514
drift correction, 513, 514, 516
Tidal effect, 514
EOTVOS correction, 513, 516
GPS, 514
gravity stations, 513
marine gravity survey, 516
moving platform correction, 516
primary base, 513
reconnaissance surveys, 514, 517
regional surveys, 513, 517
Scintrex gravity meter, 514
secondary base, 513
Worden gravity meter, 514

Gravity modeling, 518
Chicxulub crater, 518
genetic algorithm, 522
linear inverse gravimetric problem, 520
non linear inverse gravimetric problem, 522
non-uniqueness, 518, 519
simplex algorithm, 521
singular value decomposition, 521
spectral approaches, 522

Gravity potential, 357
Gravity vector, 357
Great earthquakes, 561
asperity, 563
cataclysm, 566
deadliest earthquakes, 566
largest earthquakes, 567
San Francisco earthquake, 563
subduction zone, 563
tsunamigenic earthquake, 562
tsunami warning, 566

Ground Penetrating Radar (GPR), 966
Gutenberg-Richter relation, 1109
l and b value, 1111

H
Heat flow, 577, 586
Heat flow, continental, 573–582
Fourier's law, 574
geothermal gradient, 574
global distribution, 580
paleo-heat flow, 580
closure temperature, 580
geothermometers, 581

sources of heat, 574
tectonothermal age, 580

Heat flow in sedimentary basins, 1066
Heat flow measurements, continental,

569–573
continental heat flow, 569
common transducers, 570
diodes, 570
fiber optics, 570
platinum resistance elements, 570
thermistors, 570
Heat flow, seafloor: methods and observations,
582–591

bottom-water temperature perturbations, 584
deep borehole measurements, 583
dependence of heat flux on age, 588
global average, 588
heat-flux signals from hydrothermal

circulation, 584
history, 582
shallow measurements in marine

sediments, 582
signature of subduction, 588

Himalaya-temporal evolution, 913
Hotspots, 857–858
Afar, 858
Azores, 858
Canaries, 858
Cape Verdes, 858
Caribbean Plateau, 858
French Polynesia, 858
Galapagos, 858
global hotspot distribution, 857
Hawaii, 858
hotspot fixity, 857
Iceland, 858
Kerguelen, 858
la Réunion, 858
Louisville, 858
North Atlantic Tertiary Igneous

Province, 858
Tristan da Cunha, 858
Yellowstone, 858

Hydrothermal vents, 858, 1058

I
Ice-age deposits, 40
Impact crater, 593

Chicxulub crater, 593
impact structures, 594, 596
mass extinction, 593
shock metamorphism, 593

Indo-Australian plate, 913
InSAR, 1031, 1032, 1041

baseline decorrelation, 1045
critical baseline, 1045
image registration, 1044
interferometric phase, 1044
off-nadir angle, 1045
phase unwrapping, 1044
pixel offset, 1044
processing, 1044
temporal decorrelation, 1046

InSAR geodesy, 1046
Instrumentation, electrical resistivity, 599–604

automated resistivity monitoring systems, 602
capacitively coupled systems, 602
full-waveform systems, 602
multielectrode and multichannel systems, 601
towed systems for dynamic measurements,

602
Instrumentation, EM, 604–608

Data acquisition systems, 607
Electric field measurement, 605
EM transmitters, 607
Magnetic field measurement, 606

International Association of Geomagnetism and
Aeronomy (IAGA), 346

International Data Centre, 1327
International Geomagnetic Reference Field

(IGRF), 379, 785
Gauss coefficients, 379
IGRF coefficients, 380
secular variation, 379

International Geophysical Year, 608–611
achievements, 610
countries participating, 610

International gravity formula, 611
ellipsoid, 611
spheroid, 611
universal gravitational constant, 612

International Latitude Service, 870, 874
International Polar Year, 612–614

achievements, 613
Association of Polar Early Career

Scientist, 613
International Registry of Seismograph

Stations, 1333
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International Year of Planet Earth, 614–618
Jahr der Geowissenschaften, 614
One Geology, 616
The International Geophysical Year, 614
The Planet Earth Institute, 617
Young Earth Science Initiative, 616

Inverse theory, artificial neural networks,
618–625

Artificial neural networks (ANNs), 619
Multilayer perception or MLP, 620
self-organizing feature map or SOM, 622

Inverse theory, global optimization, 625–632
genetic algorithm, 628

crossover, 628
mutation, 629
selection, 628

global optimization, 627
neighbourhood algorithm, 629
particle swarm optimization, 629
simulated annealing, 627
very fast simulated annealing, 628

Inverse theory, linear, 632–639
Backus–Gilbert method, 636
continuous inverse problem, 636
damped least square inverse, 635
data resolution matrix, 634
least square inverse, 634
minimum norm inverse, 634
parameter resolution matrix, 634
trade-off between resolution and error

propagation, 638
weighted damped least square inverse, 635

Inverse theory, Monte Carlo method, 639–644
Bayesian inference, 640
Monte Carlo method, 639

inversion method, 639
Markov Chain Monte Carlo, 639, 641
Inverse theory, singular value decomposition,
645–647

condition number, 645
IP surveys, 601
Isostasy, 647–662

Bouguer admittance, 653
Bouguer coherence, 653
concepts and applications, 648
current controversies, 654
current investigations, 651
free-air admittance, 654
local, 647
regional or flexural, 647
thermal, 647, 662
compositional, 662

Isostasy, landscape evolution, and mantle
dynamics, 656

Isostasy, thermal, 662–668
continental, 663

compositional elevation adjustments, 664

continental thermal state, 664
Airy, 651
oceanic, 662
local and regional models, 654
Pratt, 651
Vening Meinesz, 650

K
Kanto earthquake, 973
Kuril trench, 973

subduction zone, 974

L
Large igneous province, 857, 863

magmatism and environmental effects, 864
Last glacial maximum, 870–872
Laurentide ice-sheet, 872
Legal continental shelf, 669–675
areas of legal continental shelf, 674
foot of the continental slope, 672
prolongation of land mass, 670
geologic, 670
morphogenic, 670
tectonic, 670
Light Detection And Ranging (LiDAR), 966
Lithosphere, 341, 697, 713, 998, 1063
Lithosphere, continental, 675–681
mechanical models, 676
seismological/compositional models, 677
thermal models, 676

Lithosphere, continental: thermal structure,
681–693

contributions to the surface heat flux, 683
controls on lithosphere thickness, 684
decompression melting, 684
crustal heat production, 684
heat flux and heat production, 685
lithosphere geotherms, 688
Moho heat flux, 687
thermal boundary layer, 684
thermal relaxation time, 688
thermal structure, 682
thermal transients, 688

Lithosphere, mechanical properties, 693–701
mechanical properties at different

timescales, 693

geodynamic timescales, 693
postglacial rebound timescales, 693

mechanical properties of the lithosphere, 699
modes of horizontal deformation, 698

gravitationally instable pure shear, 698
pure shear, 698
simple shear, 698
tensional/compressional instability, 698

sources of information, 694
geodetic data, 694
inter-seismic deformation, 694
numerical thermo-mechanical
models, 694

rock mechanics experiments, 694
tectonic loading, 694

uncertainties of data, 703
Lithosphere, oceanic, 701–709
crustal component, 703
seismic studies of the ocean crust, 704
mid-ocean ridge basalts (MORBs), 703

E-MORB (Enriched-MORB), 703
N-MORB (Normal-MORB), 703
T-MORB (Transitional-MORB), 703

uppermost mantle lithosphere, 702
Lithosphere, oceanic: thermal structure,

709–716
influence of plumes, 714
key observations, 710
heat flux, 710
seafloor depth, 710

models, 713
boundary-layer cooling, 713
plate cooling models, 713

other constraints, 711
Lithosphere-asthenosphere boundary, 679
Long-term strength of the lithosphere, 659, 694
Love waves, 1407, 1408
Lower mantle, 154
core–mantle boundary, 154–156
forward modeling, 154
heterogeneity in the deep mantle, 158
major depth shells, 154
mantle transition zone, 154
phase transition, 154
Rayleigh number, 156
seismic properties of the earth’s mantle, 155
seismic tomography, 154
ultra-low-velocity zones, 158

M
Magnetic anisotropy, 717

AMS applications, 724
anisotropy of anhysteretic remanence, 726
anisotropy of isothermal remanent

magnetisation, 727
anisotropy of magnetic remanence, 726
anisotropy of magnetic susceptibility (AMS),

719, 721
exchange anisotropy, 719

AMS eigenvector, 721
AMS ellipsoid, 721

high field magnetic anisotropy, 727
magnetic anisotropy, 719
magnetic fabric, 726
magnetocrystalline anisotropy, 721
magnetostriction, 718
shape anisotropy, 718

Magnetic anomaly interpretation, 729
Königsberger ratio, 732
LEO satellites, 732
magnetic anomaly, 732
qualitative interpretations, 733
quantitative interpretations, 734
Schmidt semi-normalised associated Legendre

function, 730
sources of crustal and lithospheric magnetic

fields, 731
spherical harmonics, 734

Magnetic data enhancements & depth
estimations, 736

analytic derivation of source parameters, 743

Euler deconvolution, 744
Naudy method, 744
Werner method, 744

enhancements of magnetic data, 740
bandpass filters, 741
image display, 741
modulus of analytical signal, 742
multi-scale edge detection, 743
regional-residual separation, 742
tilt filter, 743
vertical continuation, 741
vertical gradients, 741

Magnetic data processing, 740
de-culturing, 738
diurnal correction, 736
elevation correction, 737
gridding, 738
IGRF correction, 738
micro leveling, 737
network adjustment, 737
pseudo-gravity transform, 739
reduction-to-pole (RTP) transform, 738

Magnetic domains, 746
dominant crystalline anisotropy, 751
evolution, 753
LEM-GEM states, 750
magnetic minerals, 750
micromagnetic models, 749
single domain grains, 750
structure, 753

energy and width of domain wall, 747
exchange energy, 746
grain size, 750
magnetic anisotropic energy, 747
magnetostatic energy, 747
temperature dependence of domain

structure, 748
thermomagnetic treatment, 753
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Magnetic field, 796
Magnetic global anomaly map, 796

Antarctic Digital Magnetic Anomaly Project
(ADMAP), 799

comprehensive model, 799
Earth Magnetic Anomaly grid (EMAG2), 805
GAMMA model, 803
Leeds model, 805
satellite compilations, 799

CHAMP, 799
Magsat, 799
Oerstad, 799
POGO, 799
SAC-C, 799

World digital magnetic anomaly map
(WDMAM), 808

CGMW, 808
WDMAM 2011, 808

Magnetic gradiometry, 758
axial gradiometers, 760
ground penetration and detection, 760
magnetic gradiometer, 762
magnetometers, 758
transverse and longitudinal gradient

measurements, 760
vertical axial gradiometer, 760

environmental geophysics, 758
forensic geophysics, 760
marine geophysics, 758
space exploration, 760
Magnetic method, airborne, 761
aeromagnetics, 761
Bird, 761
boom, 762
compensation system, 760
corrections for temporal changes, 765

data processing, 764
gridding, 766
micro leveling, 766
removal of geomagnetic field, 764
tie line leveling, 766

fixed wing aircraft, 762
flight lines, 761
helicopter, 762
loose drape, 762
source-sensor separation, 762
stinger, 762
survey design, 762
tie lines, 761
total magnetic intensity, 761

Magnetic method, principles, 767
components of Earth's magnetic field, 767
magnetic anomalies, 769

magnetic anomalies in oceans, 770
magnetic anomalies on land, 770

magnetic material, 767
magnetic methods, 767
magnetic susceptibility, 768
nature of magnetism, 767

Magnetic method, satellite, 771
core field model POMME, 771
external field, 772
lithospheric satellite derived magnetic

field, 772
polar orbits, 771
satellite altitude magnetic anomalies, 773
satellites, 771

CHAMP, 771
Magsat, 771
Oerstad, 771
POGO, 771
SAC-C, 771
SWARM, 771

scalar, vector magnetometer, 771
Magnetic method, surface, 774
INTERMAGNET, 774
magnetic activity indices, 775
magnetic observatory, 774
magnetometers, 780
magnetic theodolite, 780
torsion magnetometer, 780

observatory measurements, 780
11 year solar cycle, 774
annual, seasonal variations, 774
diurnal harmonics of ionospheric
currents, 775

flares, 775
impulses, 775
long term secular variation, 774
pulsations, 775
storms, substorms, 775

quiet and disturbed days, 775
solar induced daily ionospheric

currents Sq, 776
Magnetic modeling, 781
core magnetic field, 788
geomagnetic field: spatial, temporal

description, 782

geocentric dipole, 782
geocentric octupole, 782
geocentric quadrupole, 782
nondipole field, 782

global models, 785
C3 FM, 785
CALSK series, 785
CHAOS models, 785
CM4 model, 785
GRIMM series, 785
Gufm, 785
MF series, 785

lithospheric magnetic field, 785
spherical cap harmonic analysis, 787

harmonic spline, 787
wavelet analysis, 787

Magnetic storms and electromagnetic
pulsations, 792–796

electromagnetic pulsations, 792
generation mechanisms of magnetic

pulsations, 793
magnetic pulsation, 793
classification, 793
magnetic storms, 793, 794
magnetosphere, 793
magnetospheric substorms, 792
substorms, 793
ultra-low frequency (ULF) electromagnetic

waves, 793
Magnetometers, 810
declination-inclination magnetometer, 814
gyromagnetic constant, 811
magnetic induction, 811
magnetometry, 810
precession/Larmor frequency, 811
quantum vector magnetometer, 810
scalar quantum magnetometers, 810
alkali metal/optically pumped, 810
Overhauser, 810
proton, 810

supercooled quantum interference devices
(SQUID), 810

vector fluxgate magnetometers,
814, 815

Magnetotactic bacteria, 26
Magnetotelluric data processing,

816–822
distortion matrix, 821
error estimates, 821
Huber loss function, 820
impedance tensor, 817
least squares transfer function estimation, 817
MT transfer functions, 817
remote reference, 820
robust estimation, 818
strike and distortion analysis, 821
Tipper, 817

Magnetotelluric interpretation, 822–829
Cagniard pairs, 823
case studies, 828
characteristic impedance, 823
current strategies for MT interpretation, 827
effects of lateral heterogeneities, 824

effects of bias, 826

fundamental concepts, 823
impedance matrix, 825
principles of depth sounding, 823
transverse electric, 825
transverse magnetic, 825

Magnetotelluric soundings, 345
basic formulas, 345
remote reference method, 346
skin depth, 345
static shift, 346
TE mode, 346
TM mode, 346

Magnetovariation studies, 830–832
computation of transfer functions, 830
interpretation, 831
measurement, 830
modeling, 830
spectral analysis, 830

Mantle convection, 832–851
compressibility, melting and solid phase

change, 839
convective onset, 832
earth's thermo-chemical history, 836–838
effects of mantle properties, 838
energy sources, 836
generation of plate tectonics, 843
mantle rheology, 838
patterns of convection, 836
plate generation, 844
plumes and slabs, 836
Rayleigh–Benard convection, 832
source-sink model, 846
structure and mantle mixing, 841
thermal boundary layers, 834
two end-members mantle mixing

models, 843
Mantle D” layer, 851–857

large low shear velocity provinces in D”, 855
post-perovskite in D”, 854
seismic velocity anisotropy in D”, 855

lattice preferred orientation, 856
shape-preferred orientation, 856

seismic velocity discontinuities in D”, 854
seismic velocity models for D”, 852
temperature across the D”, 854
ultra-low velocity zones in D”, 855

Mantle plumes, 857–869
evidence, 858
genesis and dynamics, 862
geochemistry, 859
melting, 862
primitive reservoir, 861
strength, 862
superplumes, 862

Mantle rheology, 838, 869
Mantle viscosity, 869–876

glacial isostatic adjustment, 870
measurement, 869

Mantle xenoliths, 682
Membrane potential, 25
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Mid-Ocean Ridge Basalts (MORB), 841,
859, 861

Mid-ocean ridges, 705
axial magma chambers, 705
hydrothermal activity, 706
oceanic core complexes, 707

Midoceanic ridge system, 908, 909
axial magma chamber, 909, 912
Carlsberg Ridge, 909, 910
East Pacific Rise, 908, 911
Gakkel Ridge, 908
internal structure, 909
Mid-Atlantic Ridge, 911
ridge structure, 908
ridge-axis morphology, 911
seismic structure, 911
spreading rate, 911
Wharton Basin, 913
Wharton ridge, 908

Mineralization, 25
biologically controlled, 26
biologically induced, 25

N
Nankai trough, Japan, 973
National Earthquake Information Center, 1331
Negative dynamic topography, 1063
Nevada test site, 1150
Nicaragua earthquake, 1992, 1374
Ninetyeast ridge, 913
North Atlantic Tertiary Igneous Province, 858
North American plate, 1056
Northern Indian Ocean, 915
Nuclear explosion monitoring, 1146

association, 1147
detection, 1147, 1154
evasion, 1151
identification, 1147
location, 1147

Nuclear explosions, 1144
China, 1144
France, 1144
India, 1144
North Korea, 1144
Pakistan, 1144
Russia, 1144
UK, 1144
USA, 1144
USSR, 1144

Numerical methods, boundary element, 877–879
Numerical methods, domain decomposition,

879–883
Numerical methods, finite difference, 883–892

accuracy and numerical dispersion, 886
finite-difference approximations, 886
Lax–Wendroff corrections, 888
source wavefield, 890
theory of wave propagation, 884
Virieux grid, 885

Numerical methods, finite element, 892–895
2-D Navier–Stokes equation, 893
2-D Poisson equation, 892
penalty-finite element model, 893
velocity-pressure model, 893

Numerical methods, multigrid, 895–900
multigrid, 897

algebraic multigrid, 899
nonlinear multigrid, 898

two-grid scheme, 896
Nusselt number, 834

O
Oblate spheroid, 355
Ocean bottom seismics, 901
4-C, 901
airguns, 901
hydrophones, 901
ocean bottom cables, 902
ocean bottom seismic nodes, 903
ocean bottom seismic sources, 903
passive source seismology, 905
P-S converted waves, 904
seafloor multiples, 904
tsunami warning, 906
wide-aperture studies, 905

Ocean intraplate deformation, 913
Ocean spreading centre, 908–912
Oceanic lithosphere, 679
Ocean-Island Basalt (OIB), 841, 859

P
Pacific plate, 1056
Paleo-earthquakes, 967
evidence, 967
angular unconformity, 968
colluvial wedge, 968
fissure fills, 968
minor cracks, 968
upward fault termination, 968

magnitude and frequency, 970
time constraints, 968

Paleomagnetism, 933
Paleomagnetism field intensity, 919
absolute paleointensity, 919
archeointensity, 919
cosmogenic isotope paleointensity, 919
relative paleointensity, 919

Paleomagnetism, magnetostratigraphy, 925
blocking temperature, 927
magnetic field, polarity zones, 925
magnetic stratigraphy, 925
magnetobiostratigraphy, 932
Hipparion horse datum, 932
Lepus event, 932

orthogonal demagnetization plots, 935
chemical remanence, 927
remanent magnetism, 933

detrital remanent magnetisation, 925
natural remanent magnetisation, 926
viscous remanent magnetisation, 926

Paleomagnetism measurements techniques, 933
alternating field demagnetisation, 938
characteristic magnetisation, 938
coercivity magnetisation, 938

cryogenic magnetometer, 941
diamagnetism, 934
geomagnetic polarity time scale, 934

axial geocentric dipole, 936
chemical remanent magnetism, 935
cleaning, 937
conglomerate test, 937, 958
depositional remanent magnetism, 935
fold test, 935, 958
isothermal remanent magnetisation, 936
law of additivity, 935
natural remanent magnetism, 936
partial thermal remanences, 935
post depositional remanent magnetism, 935
Principal Component Analysis (PCA), 940
thermal remanent magnetisation, 935

maximum angular deviation, 940
paramagnetism, 934
relaxation time, 938
spinner magnetometer, 941
thermal demagnetization, 943

Paleomagnetism, polar wander, 945
apparent polar wander path, 945, 960
measure of true polar wander, 946
principal inertia axis, 950
oscillatory polar wander, 953

reference frame based on hotspots, 948
true polar wander, 945

Paleomagnetism, principles, 955
environmental magnetism, 963
geocentric axial dipole, 955
magnetic polarity reversal, 960

polarity chrons, 960
subchrons, 960

magnetic polarity stratigraphy, 962
non dipole field, 955
paleosecular variation, 956
remanent magnetisation, 958
anhysteric remanent magnetisation, 958
baked contact test, 959
chemical remanent magnetisation, 958
depositional remanent magnetisation, 958
Euler pole of rotation, 958
isothermal remanent magnetisation, 958
natural remanent magnetisation, 958
reversals test, 959
superparamagnetic, 958
thermoremanent magnetisation, 958

rock magnetism, 956
secular variation, 955
virtual geomagnetic poles, 960
Euler pole of rotation, 958

Paleoseismic records, 965
fault identification, 965

Paleoseismology, 964–977
off-fault, 971
seismic hazard assessment, 974

Paleo-tsunami deposits, 973
Plate Boundary Observatory (PBO), 1374
Plate driving forces, 977–983

basal-shear force, 980
buoyancy forces and viscous

dissipation, 978
lithospheric models, 980
plumes and sinking slabs, 979
slab-pull force, 980
slab-resistance force, 980
transform resistance force, 980
whole-mantle models, 981

Plate motions, 432
GEODVEL, 433
Glacial Isostatic Adjustment (GIA), 434
MORVEL, 434
NUVEL–1A, 433
NUVEL–1, 433

Plate motions in time, 983
global mantle circulation models, 985
plate tectonics and rheology, 985
strength of continental lithosphere, 984

Plate tectonics, 340, 709, 977, 991
batholiths, 995
blueschists, 994
composition of igneous rocks, 995
eclogites, 994
global tectonic styles, 993
isotopic compositions, 995
mid oceanic ridges, 992
ophiolites, 994
paired metamorphic belts, 995
paleomagnetic measurements, 995
ridge-push, 992
slab-pull, 992
UHP terrains, 994

Plate velocities, 979
observed and predicted, 979

Plates and paleoreconstructions, 998
conservation of continental

shapes, 1001
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conservative plate boundary, 998
continental separation, 1001
convergent plate boundary, 998
divergent plate boundary, 998
elastic strain, 998
global composite reconstruction, 998
global paleomap, 998
ocean floor magnetic anomalies, 1002
Paleozoic and Precambrian composites, 1002
plate motions and Euler's theorem, 998
reference frames, 1000
tectonic plate, 1001

Plume–lithosphere interaction, 865
ridge interaction, 865

Poroelasticity, 1003
Biot modulus, 1003
bulk modulus, 1004
Darcy's law, 1005
drained and undrained deformation, 1003
Gassmann's equation, 1004
Lame's coefficient, 1003
Skempton coefficient, 1004
stress–strain relations, 1003

Postglacial rebound, 340, 693
Propagation of elastic waves, 1006

acoustic waves, 1006
Cauchy's stress and strain, 1006
D'Alembert solution of wave equation, 1008
energy density, 1011
Fourier transform, 1008
Green's functions, 1009
Hooke's law, 1007
Kronecker delta, 1009
Navier's equation, 1007
Newton's second law, 1006
plain waves, 1006
seismic noise, 1010
Stokes's solution, 1009

R
Radioactivity in Earth's core, 1013–1018

bulk silicate earth, 1013
Geoneutrinos, 1013, 1023
Iron–Wüstite buffer, 1013
oxygen fugacity, 1013, 1014
potassium radioactivity in the

earth's core, 1013
radioactive decay constants, 1013

Radiogenic heat production, 1063
Radiogenic heat production of rocks, 1018–1024

geoneutrinos, 1023

KamLAND experiment, 1023

heat generation rate, 1021
measuring techniques, 1022
radiogenic heat generation, 1019
radiogenic heat production rate, 1019

Rayleigh number, 832, 859
Rayleigh waves, 1407, 1408

Rayleigh phase velocity maps, 1412
Rayleigh–Benard convection, 832
Receiver function technique, 1258

common conversion point stack and
migration, 1263

deconvolution, 1260
move out correction and summation, 1261
receiver function, 1258
receiver function technique, 1258
separation P and S waves, 1259
waveform modelling, 1265

Reference spheroid, 355
Reflectivity method, 1269

attenuation, 1274
compound matrix approach, 1272
core-mantle transition zone (D”), 1274
laterally heterogenous media, 1274
modelling in anisotropic media, 1274
parallelization, 1273
reflectivity approach, 1272
simple plain wave synthetics, 1270
spatial aliasing, 1273
temporal aliasing, 1273

Remanent magnetism, 1024–1030
applications of remanent magnetization, 1028
chemical remanent magnetization

(CRM), 1027
Detrital remanent magnetization (DRM), 1026
Isothermal remanent magnetization

(IRM), 1027
Natural remanent magnetization (NRM), 1025
Thermoremanent magnetization (TRM), 1026
Viscous remanent magnetization (VRM),

1027
Remote sensing, 1035
absorption and reflection, 1036
near infrared, 1035
RADAR, 1036
shortwave infrared, 1035
thermal infrared, 1036
visible, 1036

alteration processes, 1037
electromagnetic spectrum, 1035
enhanced thematic mapper, 1036
InSAR, 1038
pixel, 1036

Remote sensing for tectonic studies,
1030–1035

active fault, 1031
geomorphic features, 1031
lineaments, 1030
lithology, 1031
neotectonics, 1031
remote sensing, 1030
strain meter, 1031
tectonics, 1030

Rheological properties of the lithosphere, 696
brittle-ductile transition, 697
brittle-plastic properties, 696
differential stress, 696
elastic properties, 696
rheological stratification, 697, 699
viscous-ductile properties, 696
diffusion creep, 697
dislocation creep, 697
Peierls plasticity, 697

yield stress envelope, 696
Rheology, 341
multilayered, 656

Rheology, non-Newtonian, 870
Rift classification, 49
dynamic, 49
active rifting, 52
passive rifting, 52

geometric, 49
rift chains, 49
rift clusters, 49
rift nets, 49
rift stars, 49
solitary rifts, 49

kinematic, 49
intraplate rifts, 50
rifts associated with convergent plate
boundaries, 51

rifts associated with divergent plate
boundaries, 50

rifts associated with conservative plate
boundaries, 51

triple-junction rifts, 51
Rift, graben, and taphrogen, 43
S
San Andreas fault, 972, 1055
Sanriku earthquake, 1896, Japan, 1374, 1375
SAR interferometry, 1041–1049

azimuth, 1041
flat earth fringe, 1043
fringe, 1043
interferogram, 1043
orbital fringe, 1043
range, 1041
ScanSAR, 1041
stripmap, 1041
swath, 1041
topographic fringe, 1043

Satellite altimetry, 361, 365, 370
Satellite and radar altimetry, 354
Satellite constellation, 1050

Ajisai, 1050
CHAMP, 1050, 1052
ENVISAT, 1050
ERS–1 and–2, 1050
Etalon–1 and–2, 1050
Galileo, 1050
GLONASS, 1050
GNSS, 1050, 1051
GOCE, 1050, 1052
GRACE, 1050, 1052
Jason–1 and 2, 1050
LAGEOS, 1050
LAGEOS–2, 1050
LAGEOS-III, 1050, 1051
Starlette, 1050
Stella, 1050
TOPEX, 1050

Satellite gravity, 504
CHAMP, 507
Doppler effect, 506
equation of motion, 508
GOCE, 507
GRACE, 507
gravitational potential, 508
gravity gradient, 509
inverse problem, 509, 510
spherical harmonic series, 508

Satellite Laser Ranging, 1049–1055
altimetry and sea level monitoring, 1052
Doppler orbitography and

radio-positioning, 1049
DORIS, 1049
earth's gravity field, 1052
earth's rotation, 1052
principle, 1049
terrestrial reference frame, 1052

Satellite missions, 354
ERS–1, 354
ERS–2, 354
GEOS3, 354
GEOSAT, 354
GRACE, 354, 355
SEASAT, 354
TOPEX / POSEIDON, 354

Sea surface topography, 361
Seafloor spreading, 1055–1059

global distribution, 1057
ridge axis, 1057

Sedimentary basins, 1059–1070
basin-forming mechanisms, 1060
conceptual models, 1060

active rifting, 1062
asymmetric stretching, 1062
depth-dependent stretching, 1060
dynamic topography, 1062
mantle plumes, 1062
passive rifting, 1060
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Sedimentary basins (Continued )

uniform stretching, 1060

configuration of the crust below, 1064
configuration of the mantle below, 1065

Seismic anisotropy, 1070
birefringence, 1073
Christoffel equation, 1072
Fresnel zone, 1073
hexagonal anisotropy, 1071
Lames’ parameter, 1071
mantle anisotropy, 1075
mantle D” layer, 1075
origin of anisotropy, 1075
polarization, 1070
radial and azimuthal anisotropy, 1077
reflectivity method, 1073
shear wave splitting, 1073
SKS splitting, 1074
S-V waves, 1072
transverse isotropy, 1072
whole earth anisotropy, 1076

Seismic data acquisition and processing, 1081
absorption, 1088
acquisition geometry, 1083
amplitude corrections, 1093
anisotropy, 1096
auto-correlation, 1089
AVO, 1096
common depth point, 1085
common reflection point, 1085
CMP-stack, 1095
converted waves, 1096
convolution, 1088
cross correlation, 1090
cross well tomography, 1096
deconvolution, 1088, 1089
de-ghosting, 1090
de-reverberation, 1090
deterministic deconvolution, 1090
diffraction, 1088
dipping bed, 1086
DMO, 1095
dynamic range, 1083
filtering, 1093
fold, 1085
geometrical spreading, 1088
geometry, 1082
ground-roll, 1086
imaging versus inversion, 1097
impulse response, 1089
layer-cake model, 1086
Levinson recursion, 1091
migration, 1095
minimum delay, 1089
multiples, 1086
NMO, 1086
NMO stretch, 1087
noise, 1081
offset, 1084
pre-processing, 1092
post-stack processing, 1095
pre stack depth migration, 1096
processing flow, 1091, 1093
residual statics, 1093
sampling, 1083
seismic data processing, 1085
seismic gather, 1083
seismic receivers, 1083
seismic recorder, 1083
seismic sources, 1082
seismic traces, 1083
seismic wavelet, 1089
signal versus noise, 1086
semblance, 1087
spiking filter, 1091
stacking velocity analysis, 1095
static correction, 1093
statistical deconvolution, 1091
timelapse seismic (4D), 1085
Toeplitz matrix, 1091
velocity, 1087
vibroseis processing, 1090
VSP, 1096
wavelet manipulation, 1089

deterministic, 1089
spiking decon, 1089
statistical, 1089
zero phasing, 1089

Wiener filter, 1091
Seismic data recording, 1139
Seismic diffraction, 1097
Born and Rytov approximation, 1100
diffraction theories, 1098
diffraction tomography, 1097, 1101
diffraction wavefield, 1097
geometrical theory, 1099
Kirchhoff approximation, 1099
numerical methods, 1100
perturbation theory, 1100

Seismic discontinuities, 1102
phase transitions, 1102
P-wave receiver functions, 1103
S-wave receiver functions, 1103
transition zone (TZ), 1102, 1103
water in the TZ, 1105

Seismic gaps, 37–40
hypothesis, 38
model, 38
analysis, 1107–1121
deaggregation of seismic hazard, 1107
deterministic, 1113
estimation of mmax, 1107, 1111
estimation of seismic source, 1111
ground motion prediction, 1110
probabilistic, 1107, 1117
time-dependent models, 1107, 1108, 1112,

1113, 1117
Seismic hazard, 1115
Seismic imaging, 1121
inversion theory, 1122
Marmousi velocity model, 1122
multiscale waveform inversion, 1129
multisource waveform inversion, 1130
seismic imaging methods, 1124
full waveform inversion, 1125
migration, 1125
migration velocity analysis, 1126
wave equation traveltime inversion, 1126
Seismic instrumentation, 1134–1140
datalogger, 1134
geophone, 1134
seismometer, 1134
strain meter, 1134

Seismic microzonation, 1140–1143
Bangkok, 1142
borehole data, 1141
geomorphological maps, 1140
microtremors, 1143
Tokyo, 1141, 1142

Seismic migration, 1236
beam migration, 1241
deconvolution and crosscorrelation imaging,

1241
depth migration, 1238
digital migration, 1237
integral (Kirchhoff) migration, 1241
isochron imaging, 1240
mechanical migration, 1236
poststack migration, 1237
prestack migration, 1237
rock property determination, 1240
structural imaging, 1239
time migration, 1238
velocity estimation, 1239
wave equation migration, 1241
wide azimuth 3-D acquisition and

migration, 1237
Seismic monitoring of nuclear explosion,

1144–1156
Comprehensive Test Ban Treaty

(CTBT), 1144
International Monitoring System, 1154
Limited Test Ban Treaty (LTBT), 1144
Ms: mb diagram, 1148
problem events, 1151
properties of earthquakes & explosion

signals, 1145
spectral ratio, 1149
Threshold Test Ban Treaty (TTBT), 1149
yield estimation, 1149

Seismic noise, 1157–1161
active seismic, 1157
coherent noise, 1157, 1159
enhancing signal over noise, 1158
multiple, 1157
noise as a signal, 1160
passive seismic, 1157
random noise, 1157, 1159
signal to noise ratio, 1157

Seismic phases, 1162
acoustic waves, 1172
core phases, 1170
crustal phases, 1170
mantle phases, 1170
near source surface reflections and

conversions, 1171
surface waves, 1171

Seismic properties, 1173, 1176
compressional (P) waves, 1173
measurement techniques, 1174
Poisson's ratio (s), 1173
shear (S) waves, 1173
transversely isotropic, 1173
velocity anisotropy, 1176

Seismic quiescence and activation, 1178–1184
activation, 1178
main phases, 1179
physical mechanism, 1182
quiescence, 1178
RTL algorithm, 1180
Z-value, 1179

Seismic ray theory, 1244
asymptotic ray theory, 1244
basic equations of seismic ray method, 1245
chaotic rays, 1255
computation of ray theory amplitudes, 1249
coupling ray theory for S waves, 1252
dynamic ray tracing, 1251
Eikonal equation, 1247
ray perturbation methods, 1255
ray theory elastodynamic Green's

function, 1254
ray tracing and traveltime computation, 1248
transport equation, 1249

Seismic scattering, 1210
coherent and incoherent fields, 1212
global scale scattering, 1217
interferometry, 1218
Markov approximation, 1214
propagation regimes, 1212
radiative transfer, 1216
temporal variations, 1220
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transmission fluctuations, 1212
Seismic seiches, 1184–1185

Alaska earthquake 1964, 1184
Assam earthquake 1950, 1184
Denali earthquake 2002, 1184
Lisbon earthquake 1755, 1184

Seismic signals in water wells, 1185–1190
Coseismic, 1185
Koyna earthquakes, 1186
Sumatra earthquake, 1187
transient, 1186

Seismic tomography, 1195
Fermat's principle, 1196
finite frequency tomography, 1197
model parameterization and inversion, 1196
normal modes and surface waves, 1196
onset times, 1195
regularization, 1196

Seismic velocity-density relationships,
1198–1199

Seismic velocity-temperature relationships,
1199–1200

Seismic wave propagation, 1200
analytic solutions for non homogeneous

media, 1206
anisotropy, 1202
asymptotic ray tracing method, 1207
boundaries, 1207
discontinuous Galerkin method, 1203
equivalent media theories, 1207
fast multipole method in elastodynamics, 1206
finite difference method, 1201
finite element method, 1203
numerical modelling, 1200

direct method, 1200
integral equation method, 1200
ray tracing method, 1200

poroelastic media, 1207
pseudo spectral method, 1203
spectral element method, 1203

Seismic waveform modelling, 1290
inverse method, 1293
preprocessing for field data waveform

tomography, 1297
reflection seismic waveform

tomography, 1299
strategies for choosing frequencies, 1295
waveform modelling, 1290
waveform tomography, 1290

Seismic zonation, 1224
approaches of probabilistic seismic hazard

analysis, 1225
GSHAP, 1224
Peak ground acceleration (PGA), 1224
Peak ground velocity (PGV), 1224
Seismic intensity, 1224
seismic zonation map of China, 1224
spectral acceleration, 1224

Seismicity, intraplate, 1301–1305
elastic rebound theory, 1302
interplate earthquakes, 1302
mobile zones, 1302
SCR earthquakes, 1302

Seismicity, subduction zone, 1305
interplate earthquake, 1305
interplate coupling, 1306
asperities, 1307
active faults, 1307
deep earthquakes, 1312
double seismic zone, 1310
intraslab earthquake, 1308

focal mechanism, 1308
DC type earthquake, 1308
DE type earthquakes, 1308
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